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1 Introduction
Diatom silica is a form of biogenic opal (SiO2.nH2O, Figure 1) containing oxygen, silicon, carbon and
nitrogen isotopes that can be used in lacustrine and marine paleoenvironmental studies. Since diatoms
bloom following a seasonal pattern defined partly by the variability of climate, nutrient supply, mixing
regimes, and in high latitudes the period of ice cover, the isotope signature acquired by diatoms will be
skewed toward their major growing season specific to the lake or oceanic region under consideration.
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The isotope ratio (e.g. 18O/16O, 30Si/28Si, 13C/12C, 15N/14N) of diatom silica are expressed on the deltascale (δ) in terms of per mille (or per mille) (‰):
δ = [(Rsample/Rreference) – 1] • 1000 ‰
Where R is the particular isotope ratio (e.g. 18O/16O, 30Si/28Si), and ‘reference’ means the appropriate
universally accepted reference material. The ‘δ’ for each element takes its name from the heavy
isotope, thus δ18O, δ30Si, δ13C, δ15N. For diatom oxygen the reference is VSMOW (Vienna Standard
Mean Ocean Water) calibrated through the quartz NBS28, for silicon it is referenced and measured
alongside NBS28, for carbon the reference is VPDB (Vienna PeeDee Belemnite) calibrated against
NBS19 and NBS22, and for nitrogen it is atmospheric nitrogen, commonly shortened to AIR. There are
no universally accepted standard materials to analyse alongside diatoms although most laboratories use
their own standard diatomites as well as NBS quartz and low %C and %N organic materials.

2 Environmental signals from diatom isotopes
2.1 Oxygen isotopes
The oxygen isotope composition of diatoms (δ18Odiatom) is primarily a function of changes in ambient
water temperature and the isotopic composition of water (δ18Owater) surrounding the frustule. The
temperature dependence of oxygen isotope fractionation between diatom silica and water has not been
rigorously derived, although the relationship has been estimated from analyses of diatoms from marine
and freshwater sediments, coupled with estimates of the temperatures and isotope compositions of
coexisting waters during silica formation (e.g. Labeyrie, 1974). The data from these calibration studies
are limited, and are mainly based on bulk samples not individual diatom species (although Brandriss et
al. (1998) provides a notable exception). Historical estimates of the average temperature dependence
based on these samples ranges from –0.3 to –0.5‰/oC (Juillet-Leclerc and Labeyrie, 1987; Shemesh et
al., 1992). More recently, however, controlled experiments on lacustrine diatoms (Brandriss et al.,
1998; Moschen et al., 2006) have shown that the true diatom-temperature coefficient is likely to be
closer to –0.2‰/oC.
Since diatoms are physically difficult to separate into single species samples due to their small
size (2 – 200 µm), bulk samples comprised of different taxa are normally analysed for diatom isotopes.
For δ18Odiatom, a number of culture (Binz, 1987; Brandriss et al., 1998; Schmidt et al., 2001), sediment
trap (Moschen et al., 2005) and down-core studies (Sancetta et al., 1985; Juillet-Leclerc and Labeyrie,
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1987; Shemesh et al., 1995; Schiff et al., 2009) in marine and lacustrine systems have failed to find
evidence of any isotope/disequilibrium vital effect either within or between individual diatom taxa.
Whilst Brandriss et al. (1998) documented a 0.6‰ offset between two taxa and Shemesh et al. (1995)
found a 0.2‰ offset between different size fractions of diatoms, these offsets are within the range of
reproducibility routinely achieved when analyzing δ18Odiatom (Section 4.1). This is in contrast to
biogenic carbonates in which δ18O measurements, offset from those predicted purely by
thermodynamics, can occur in response to variations in kinetic or metabolic processes, e.g. changes in
growth rates, nutrient availability or rates of calcification/silicification (Duplessy et al., 1970; Wefer
and Berger, 1991; Spero and Lea, 1993, 1996; Spero et al., 1997; Bemis et al., 1998). Recent results
from the North West Pacific Ocean on sediment core material, however, has documented isotope
offsets of up to 3.5‰ between two size fractions of diatoms (Swann et al., 2007; 2008). Whilst the
mechanisms behind this remains unresolved, these offsets may be related to suggestions that changes in
growth rates may influence oxygen isotope fractionation in diatoms (Schmidt et al., 2001).
The diatom frustule is comprised of two layers: a tetrahedrally bonded silica (-Si-O-Si) layer
and an outer hydrous (-Si-OH) layer. Whereas the -Si-O-Si layer contains oxygen incorporated into the
frustule during silicification, the oxygen in the -Si-OH layer is able to freely exchange with any water
the diatom comes into contact with and must be removed prior to isotope analysis (see Section 4.1). A
key assumption for δ18Odiatom is that no oxygen isotope exchange occurs between the Si-O-Si layer and
the –Si-OH layer during or after sedimentation (Julliet, 1980a, b). Schmidt et al. (1997), who analyzed
the oxygen isotope composition of live diatom frustules collected from the oceans, however, found no
regular correlation between temperature and oxygen isotope fractionation. Marine and lacustrine
diatoms have also been shown to have significantly lower, 2‰ to 10‰, δ18Odiatom fractionation factors
that those obtained with diatoms cultured in a laboratory. (Schmidt et al., 1997; 2001; Brandriss et al.,
1998; Moschen et al., 2006). These results led to several different suggestions: either that partial
dissolution of the diatom frustule occurred during sedimentation, altering δ18Odiatom (Brandriss et al.,
1998), or that temperature-dependent oxygen isotope fractionation was established during early
diagenesis rather than during diatom growth, where

16

O from the -Si-OH layer was released forming

isotopically enriched Si-O-Si (Schmidt et al., 1997; 2001; Moschen et al., 2006) (Figure 2). At present,
the extent to which silica maturation affects the use of δ18Odiatom in paleoenvironmental reconstructions
remains unknown. However, as long as these isotope exchanges are systematic and predictable within
and between taxa, values of δ18Odiatom should, at the very least, provide important qualitative
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information for use in paleoenvironmental reconstructions (see Leng and Barker, 2006; Swann and
Leng, 2009).
In the lacustrine environments the interpretation of δ18Odiatom in terms of paleotemperature also
requires an understanding of processes that have opposing effects on the composition of diatom silica.
As well as the fractionation between diatom silica and water, described above, values of δ18Odiatom are
governed by the relationship between the isotopic composition of precipitation entering the lake (δp)
and atmospheric temperature, the so-called Dansgaard relationship δp/dT (Dansgaard, 1964). In many
lake records the response of δ18Odiatom to changes in water temperature will effectively be 'damped' by
the opposing effect of variations in the isotope composition of precipitation caused by the Dansgaard
relationship. For diatoms the measured isotope composition will, therefore, covary with temperature –
with an increase of ~ 0.1 to 0.4‰/oC (cf., Leng and Marshall, 2004). This assumes that δp/dT always
changes according to the Dansgaard relationship. Whilst it is important to establish the δp/dT
relationship at each site, approximately +0.6‰/oC at intermediate and high latitudes and globally
between +0.2 and +0.7‰/oC (IAEA-WMO GNIP database), in practice deriving any quantitative
paleo-temperature/δp relationship with any certainty is complicated. For example, a Dansgaard
relationship is not common in coastal or monsoonal regions or in regions where rainfall comes from
two or more air masses. It might therefore be more realistic to use δ18Odiatom in areas where there are
likely to have been significant changes in the isotope composition of the lake water due to changes in
the precipitation/evaporation balance or in the source/amount of precipitation (see below) as change in
δ18Odiatom due to these factors is normally greater than that due to temperature alone.
In closed (or terminal) lakes, for example, the effect of evaporation on δ18Owater will usually be
far greater than changes due to temperature or δp. Accordingly, δ18Owater depends on the balance
between the isotope composition of inputs (including the source and amount of precipitation, surface
runoff and groundwater inflow) and outputs (evaporation and groundwater loss). Unless there is
significant groundwater seepage most closed lakes will lose water primarily through evaporation, the
rate of which is controlled by wind speed, temperature and humidity. The phase change of evaporation
results in light isotopes of oxygen (16O) being preferentially evaporated from water bodies leaving
water that is relatively enriched in the heavier isotope (18O). In extreme circumstances, evaporation in
the lake catchment area or from the surface of a lake can lead to significantly elevated δ18Owater values
(Leng et al., 2005). The degree to which evaporation will increase δ18Owater depends on the residence
time of the lake (lake volume/throughput rate). Changes to a lake’s residence time, caused by changes
in basin hydrology or varying groundwater fluxes, will also influence the magnitude of enrichment, as
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will changes in the nature of catchment vegetation and soils. These factors have been considered
important in the interpretation of a δ18Odiatom record from Lake Tilo in East Africa which is interpreted
as changes in aridity (Lamb et al., 2005). They showed that the constant supply of solutes from the
hydrothermal springs enabled diatoms to grow throughout the year, from which they were able to
derive a Holocene lake level which they linked to the amount of evaporation.
Certain δ18Odiatom records have been shown to be sensitive to other aspects of climate, such as
the amount or source of precipitation (i.e. by recording the isotope composition of precipitation). For
example abrupt shifts of up to 18‰ in δ18Odiatom have been found in a 14,000 year-long record from two
alpine lakes on Mount Kenya (Barker et al., 2001), which can not be entirely temperature related given
the current knowledge of the diatom-temperature fractionation. Instead the variations have been
interpreted as enhanced precipitation related to changes in Indian Ocean sea surface temperatures
through the Holocene as measured by alkenone-based sea surface temperature estimates.
There have been several studies of δ18Odiatom from lakes in Northern Europe (see Leng and
Barker, 2006). These lakes have similarities, in that many are open, through-flow systems with minimal
evaporation. Changes in the stratigraphic record of δ18Odiatom are interpreted as changes in the summer
isotope composition of the lake water. In a pro-glacial lake covering the last 5000 years in Northern
Sweden, a δ18Odiatom record combined with a sedimentary proxy for glacier fluctuations reflects changes
in the isotope composition of summer precipitation (Rosqvist et al., 2004).
In the marine environment, δ18Odiatom records can be used to investigate temperature and
δ18Owater variations in a manner which is similar to that used with δ18O records from foraminifera
(δ18Oforam) (see Swann and Leng, 2009). This is most prominent in high latitude regions, such as the
Southern Ocean, where diatoms are abundant in the sedimentary record due, in part, to the high nutrient
concentrations within the water column (see Chapter 22 [Diatoms as indicators of paleoceanographic
events] for further information). At these locations changes in δ18Odiatom are often dominated by
variations in melt water influx from the polar ice caps. For example studies in the Southern Ocean,
have revealed periodic decreases of 2-3‰ during glacial periods over the last ca. 430,000 years related
to melt water events from Antarctica, releasing water containing an inherently lower values of δ18O
than sea water (Shemesh et al., 1994; 1995; 2002).
At locations where both diatoms and foraminifera co-occur in the sedimentary record, δ18O
records from the two organisms can extend the wealth of paleoenvironmental information that can be
reconstructed. For example, Shemesh et al. (1992) combined δ18Odiatom with δ18Oforam data, assuming
the incorporation of oxygen into the foraminifera calcite shell and diatom frustule occurred in the same
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season and water depth, to calculate changes in Southern Ocean surface paleo-δ18Owater and
paleotemperature. From this, a ca. 2.0ºC SST increase was observed in the shift from glacial to
Holocene conditions with a concordant 1.2 ± 0.2‰ decrease in δ18Owater. In another example of
combined δ18Oforam and δ18Odiatom analyses were made on sediments from the North West Pacific Ocean
over the onset of major Northern Hemisphere Glaciation, ca. 2.75-2.73 Ma (Haug et al., 2005; Swann
et al., 2006). The foraminifera and diatoms over this interval are thought to have lived and precipitated
their shells during different seasons, thus providing inter-seasonal information. The δ18O record from
spring calcifying planktonic foraminifera, for example, indicate a significant, 7.5oC, cooling of the
surface waters at the onset of the Northern Hemisphere Glaciation while an autumnal blooming
δ18Odiatom record reveals a 4.6‰ decrease equating to a significant autumn/early winter freshening and
warming of the surface waters.

2.2 Silicon isotopes
The availability and concentration of silicic acid (predominantly in the form of H4SiO4) within the
water column is a critical factor in diatom cell division and growth. During biomineralization, diatoms
take up silicic acid with the lighter 28Si preferentially incorporated into the frustule over the heavier 29Si
and 30Si. Accordingly, measurements of δ30Sidiatom (30Si/28Si) and δ29Sidiatom (29Si/28Si) (there is a mass
dependent fractionation between the 2 ratios of δ30Si = 1.96 x δ29Si, measurement of both ratios is a
good analytical indicator of sample purity but generally only δ30Sidiatom is reported), provide
information on the availability and rate of silicic acid utilization within the photic zone, which can in
turn be related to the global silicon cycle. Importantly, work has indicated that the diatom silicon
isotope enrichment factor of −1.1‰ to −1.9‰ is independent of temperature, pCO2 or other interspecies effects (Spadaro 1983; De La Rocha et al., 1997, 2000; Milligan et al., 2004; Varela et al.,
2004).
With diatoms representing ca. 40% of all marine primary productivity (Nelson et al., 1995), the
information provided by marine records of δ30Sidiatom on diatom productivity and export production aids
attempts to understand the role of the biological pump in transferring carbon into the deep ocean and
controlling atmospheric concentrations of CO2 (Brzezinski et al., 2002; Matsumoto et al., 2002;
Sigman and Haug, 2003; Dugdale et al., 2004). Caution is required, however, in interpreting δ30Sidiatom
when changes in nutrient concentrations and other environmental parameters may alter diatom silicon
uptake, such as may occur during iron fertilization/nutrient limitation (Hutchins and Bruland, 1998;
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Takeda, 1998) and when individual water masses containing different values of δ30SiDSi become mixed
e.g. highly fractionated surface water and less fractionated deep water (Reynolds et al., 2006a).
In order to fully interpret changes in δ30Sidiatom an understanding is required of the global silicon
cycle, its spatial and temporal variability as well as its impact on the isotopic controls of δ30SiDSi. For
example, changes in the marine δ30SiDSi are a global function of both oceanic and terrestrial silicon
inputs and outputs, biogenic cycling of silicic acid, and the interaction of biogenic cycling with the
global thermohaline circulation. Similarly, lacustrine δ30SiDSi will be a function of catchment geology,
river input, weathering, water residence time as well as the nature and timing of seasonal diatom
blooms. To this end, over the past decade research has increasingly focused on examining the
contemporary global silicon isotope cycle from both a terrestrial (De La Rocha et al., 2000), riverine
(Georg et al., 2006a), groundwater (Georg et al., 2009), marine (Varela et al., 2004) and model
perspective (Wischmeyer et al., 2003; De La Rocha and Bickle, 2005). Within the marine system, for
example, it has been shown that values of δ30SiDSi range from +0.5‰ to +3.2‰ (De La Rocha et al.,
2000; Varela et al., 2004; Cardinal et al., 2005; Reynolds et al., 2006a). Whilst regional offsets in
δ30SiDSi of up to 0.4‰ have been observed between Atlantic and Pacific deep waters, sediment records
of δ30Sidiatom suggest that these offsets are constant over glacial-interglacial cycles (De La Rocha et al.,
1998; 2002).
To date, few studies have investigated δ30Sidiatom in lakes (Alleman et al., 2005; Street-Perrott et
al., 2008). In contrast, a number of studies have published results from marine sediment cores to
reconstruct changes in nutrient utilization. Research to date includes evidence of a 0.7‰ lowering of
δ30Sidiatom in the Southern Ocean during the last glacial relative to the Holocene which coincides with
reductions in diatom productivity and bulk organic δ13C (De La Rocha et al., 1998). Subsequent work
has revealed similar δ30Sidiatom trends in the Southern Ocean over the last three glacial-interglacial
cycles (Brzezinski et al., 2002). Evidence of a strong anti-correlation between δ30Sidiatom and bulk
sediment δ15N, as well as nitrogen diatom isotope records (see Section 2.3.2), over this interval has
raised the possibly of an iron enrichment in the Southern Ocean during the last glacial, stimulating
increased diatom uptake of nitrate (NO3-) over silicic acid. This decreased usage of silicon during
glacials would have resulted in the development of a concentrated pool of silicic acid across the
Southern Ocean. Under the “silicic acid leakage hypothesis” any northward migration of this pool
would have enabled diatoms to dominate at lower latitudes than today, potentially increasing the net
drawdown of CO2 into the ocean and contributing towards the lower concentrations of atmospheric
pCO2 that existed during glacials (Brzezinski et al., 2002; Matsumoto et al., 2002). However, whilst
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evidence exists for higher values of δ30Sidiatom in the sub-Antarctic sector of the Southern Ocean during
the last glacial, supporting the silicic acid leakage hypothesis, no similar change is apparent in cores
from the sub-tropics (Crosta et al., 2005, 2007; Beucher et al., 2007). This makes it unclear to what
extent any silicic acid from the Southern Ocean escaped into the sub-tropics and raises questioned over
the role of the biological pump in the region in controlling long-term variations in atmospheric CO2.

2.3 Organic carbon and nitrogen isotopes
During photosynthesis organic matter, in the form of long chained polyamides and polycationic
peptides (Kröger et al., 1999, 2000, 2002), is deposited within the diatom frustule which can be
analyzed for both carbon (δ13Cdiatom) and nitrogen (δ15Ndiatom) isotopes. Provided that all external
organic matter surrounding the frustule can be removed, measurements of δ13Cdiatom and δ15Ndiatom can
be utilized to reconstruct changes in nutrient utilization, productivity, pCO2 and the processes which
control these changes, e.g. nutrient delivery/utilization, water column stratification and sea-ice
coverage. Although suitable for use with lacustrine diatoms (e.g. King et al., 2006), most records of
δ13Cdiatom and δ15Ndiatom have to date been constrained to marine systems.

2.3.1 Carbon isotopes
During photosynthesis Dissolved Inorganic Carbon (DIC) from the water column, in the form of both
dissolved aqueous CO2 (CO2(aq)) and HCO3-, are incorporated into the intrinsic organic matter of the
diatom frustule (see Laws et al., 1997; Burkhardt et al., 2001; Morel et al., 2002; Roberts et al., 2007).
The composition of δ13Cdiatom is primarily controlled by the balance between the supply and biological
demand for DIC as well as the concentration of CO2(aq) within the photic zone. Diatoms, in line with
other organisms, preferentially uptake 12C over 13C. As photosynthetic carbon demand for diatoms and
other organisms increases, a progressive depletion in 12CDIC occurs, lowering δ13CDIC whilst leading to
higher values of δ13Cdiatom (Laws et al., 1995, 1997; Bidigare et al., 1999; Rosenthal et al., 2000). The
extent to which diatoms preferentially use 12C over 13C, however, is a function of CO2(aq) concentration
with an increase in CO2(aq) leading to a decrease in δ13Cdiatom and vice-versa (Freeman and Hayes, 1992;
Laws et al., 1995, 1997; Rau et al., 1997; Popp et al., 1999). In interpreting records of δ13Cdiatom,
further consideration is required as to the isotopic composition of the δ13CDIC substrate used during
photosynthesis which may be altered by changes in ocean circulation, upwelling/stratification, the
influx of terrestrial/riverine material and the dissolution of diatoms and other organisms in the photic
zone, releasing 12C enriched carbon into the water column.
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A number of other factors including cell shape and size, metabolic pathways, water
temperature, and other inter-species vital effects may also lead to spatial and temporal changes in
δ13Cdiatom (Laws et al., 1995; Popp et al., 1998; Burkhardt et al., 1999, 2001; Riebesell et al., 2000;
Jacot des Combes et al. 2008). However, provided the influence of these factors on δ13Cdiatom can be
accounted for, changes in δ13Cdiatom can be employed to reconstruct changes in paleoproductivity and
CO2(aq), and so changes in pCO2. For example, assuming the atmosphere and surface water are in
equilibrium, Crosta and Shemesh (2002) calculated that 3‰ and 1‰ of the measured 4‰ difference in
δ13Cdiatom between the last glacial and modern day are attributable to changes in productivity and pCO2
respectively. Similarly, results in Crosta et al. (2005) and Schneider-Mor et al. (2005; 2008) detail
change in δ13Cdiatom in the Southern Ocean over the last 640 ka also related to changes in productivity,
nutrient availability and pCO2 concentrations.

2.3.2 Nitrogen isotopes
As with carbon, during biomineralization, the lighter
diatom organic matter, relative to

15

14

N isotope is preferentially assimilate into the

N, from dissolved NO3- within the water column. The exact

magnitude of nitrogen isotopic discrimination by diatoms has been shown to vary significantly, from
ca. 3‰ to ca. 15‰, according to changes in growth rates and light availability as well as cell size and
shape (Karsh et al., 2003; Needoba et al., 2003; Needoba and Harrison, 2004) whilst tentative evidence
of a possible inter-species isotope vital effect has also been identified in fossilized samples from the
Southern Ocean (Jacot des Combes et al., 2008). However, with increased uptake of NO3- resulting in
higher values of δ15Ndiatom, measurements of δ15Ndiatom can primarily be interpreted to reflect the
magnitude of nitrate utilization in the photic zone (Shemesh et al., 1993). This must again be balanced
by processes that may alter the relative supply or demand of NO3- in the photic zone, for example
changes in water column stratification and deep water upwelling (e.g. Robinson et al., 2005; Brunelle
et al., 2007; Robinson and Sigman, 2008). In particular, it has been demonstrated that significant
variations in diatom cellular nitrogen demand can be caused by changes in iron availability within the
photic zone (Hutchins and Bruland, 1998; Takeda, 1998).
Interest in the use of δ15Ndiatom has been focused around its application as an alternative to bulk
sediment measurements of δ15N to reconstruct changes in the marine nitrogen cycle. Whilst bulk δ15N
measurements have provided valuable environmental information (e.g. Altabet and Francois, 1994),
questions have been raised as to the extent to which sedimentary records have been altered by
diagenesis (Sigman et al., 1999). In addition, the multitude of processes and individual organisms
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which may contribute towards bulk δ15N can prevent both precise and accurate isotope interpretations.
In contrast δ15Ndiatom, as with δ13Cdiatom, is believed to be protected in the diatom frustule from postdepositional changes whilst also providing an organism specific and therefore more precise insight of
changes in the nitrogen cycle (Shemesh et al., 1993).
Existing, records of δ15Ndiatom have primarily been generated on sediment core material from the
Southern Ocean (e.g. Crosta and Shemesh, 2002; Crosta et al., 2005; Schneider-Mor et al., 2005, 2008)
where changes in δ15Ndiatom have been shown to be anti-correlated with those in δ30Sidiatom (Beucher et
al., 2007). The increased usage of nitrate documented in these studies during glacial periods has been
used to provide further support for the silicic acid leakage hypothesis (see Section 2.2). Elsewhere,
measurements of δ15Ndiatom in the Bering Sea on samples dating back to ca. 120 ka BP have been found
to be 3‰ higher during the last glacial (Brunelle et al., 2007). These changes have been linked to a
stronger water column stratification during the last glacial which, reduced the overall supply and
availability of nitrate to the photic zone and triggered an increase in δ15Ndiatom as the isotopically lighter
14

N is progressively removed by continuing biological productivity.

3 Concentration and Purification
A pre-requisite for all diatom isotope analyses is to ensure samples are free from all sources of nondiatom contamination as most contaminants contain oxygen, silicon and/or organic matter. Natural
diatomites (>80% diatom silica) are the easiest material to work with. Although relatively rare, they do
occur in some lakes and parts of the World’s oceans (North Pacific and Southern Ocean) where the
influence of coastlines or fluvial inputs and concentrations of mineral flux are low. Separating pure
diatoms even from diatomites can be challenging, especially when diatoms are intermixed with silt,
clay, tephra, carbonates and organic matter (Figure 3). In particular, sediment grains can become
“trapped” (Figure 3a) within the diatom frustule (which protects them from removal) and clays can
become coated with sub micron scale fragmented/broken diatom (Figure 3c) material (adhering by
electrostatic charge) (Brewer et al., 2008). To remove these and other contaminants from diatom
samples, a number of chemical and physical clean-up methodologies have been used (e.g. JuilletLeclerc, 1986; Shemesh et al., 1988; Shemesh et al., 1995; Singer and Shemesh, 1995; Morley et al.,
2004; Rings et al., 2004; Swann et al., 2006; Tyler et al., 2007; Crespin et al., 2008). The success of the
purification process is controlled by factors such as: (a) the ability of chemical reagents to fully oxidize
certain components (e.g. organics and carbonates), (b) the diatoms and contaminants having different
grain sizes and being present in the sample as discrete grains, and (c) that there is sufficient density
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contrast between diatoms and the contaminants to enable density separation. In addition, a prerequisite
is that the isotopic composition of the diatom is not altered by the cleaning process. Carbonates and
organic materials are generally removed by chemical methods (HCl, H2O2, HNO3), clays by sieving at
5 or 10 µm, and silt-sand sized grains by differential settling techniques using specific gravity and other
physical property differences between diatom silica and the contaminant. Shemesh et al. (1995 and
subsequent papers) described a similar methodology but added a heavy liquid settling stage to separate
diatoms from remaining clastic grains. This heavy liquid stage has been widely adopted and usually
involves mixing and centrifuging samples with sodium polytungstate (SPT) at specific gravity of ca.
2.2 g/ml. Because diatoms have a specific gravities of ca. 2.1 g/ml while typical silicate contaminants
all tend to be denser than this (quartz, feldspars, micas, clay minerals), the use of SPT allows the
density separation of the two components.
An alternative approach to heavy liquid separation for cleaning diatom samples is gravitational
split-flow thin fractionation (SPLITT) (Giddings, 1985; Schleser et al., 2001; Rings et al., 2004).
SPLITT works by introducing a sample into water under laminar flow which separates the sample into
two components according to their density and hydrodynamic properties. Whilst SPLITT is repetitious,
requiring each sample to be repeatedly passed through the device to ensure purification, the procedure
results in high throughput, small losses and sometimes the ability to isolate specific taxa (where they
have different size, density and/or shape) (Leng and Barker 2006). SPLITT also avoids the need to
introduce products other than water into the sample. For example, Morley et al. (2004) show that the
heavy liquid can contaminate diatom oxygen isotope ratios if not fully removed prior to analysis by
sieving at a fine (≤5 µm) size fraction.
A number of additional chemical cleaning stages may be employed as a final purification stage,
such as the addition of potassium permanganate, nitric acid, HF or other alkaline solutions to remove
remnants of external organic material and to etch the surficial silica layer in an attempt to disassociate
any clays adhering to the diatoms (e.g. van Bennekom and van der Gaast, 1976; Juillet-Leclerc, 1986).
Specifically for δ30Sidiatom, in some laboratories samples may be dissolved before being re-precipitated
using HF and Triethylamine molybdate to further purify the sample as well as to remove any organic
matter prior to analysis (De La Rocha et al., 1996).
Given the small amount of organic matter within the diatom frustule, a series of additional
steps, involving the use of oxidizing chemicals, are undertaken to ensure that all external organic
matter is removed when analyzing δ13Cdiatom or δ15Ndiatom. The choice of cleaning technique is not know
to alter measurements of δ13Cdiatom. However, values of δ15Ndiatom have been shown to vary markedly
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according to the method employed. For example, the work conducted by Shemesh et al. (1993) and
Singer and Shemesh (1995) which led to the development of δ15Ndiatom as a paleoenvironmental proxy
used a concentrated HNO3/HClO4 mixture. Sigman et al. (1999) demonstrated that this results in
erroneous δ15Ndiatom values, which they ascribe to nitrogen from HNO3 becoming incorporated into the
frustule. Whilst the validity of this has been questioned by researchers continuing to use HNO3/HClO4
mixtures (e.g. Crosta and Shemesh, 2002; Schneider-Mor et al., 2005), the 2-3 times higher diatom %N
values in these studies compared to non-HNO3 studies suggests that there are still unresolved issues
associated with the use of HNO3. As an alternative, samples can be cleaned using concentrated
perchloric acid or H2O2 combined with an HClO4 oxidation and dithionite-citric acid reduction
cleaning stage (Robinson et al., 2004; 2005; Brunelle et al., 2007).
It is apparent that no single method of diatom purification is suitable for all sediment samples.
Instead, the clean-up approach should be adapted to fit each type of sample with the optimal procedure
usually found by a combination of trial and error, using the various techniques described above,
combined with petrological examination of every sample at each stage. Traditionally, the level of
contamination within a sample is assessed visually using point-counting techniques (Morley et al.,
2004). However, Brewer et al. (2008) have suggested that more reliable estimates of contamination can
be obtained by analysing the trace element geochemistry of purified samples, for example using
Scanning Electron Microscopy (SEM) plus Energy Dispersive X-ray Spectroscopy (EDS), X-ray
Fluorescence (XRF) or Inductively Coupled Plasma Atomic Emission Spectroscopy (ICP-AES). By
measuring the concentrations of compounds such as Al2O3 and CaO and comparing these to
(published) diatom and clay minerals elemental concentrations, the relative proportion and type of
residual contamination can be established for the sample being analysed (Lamb et al., 2007; Brewer et
al., 2008). Regardless of the method used to check sample purity, samples containing more than a few
percent contamination should be re-cleaned. Where further cleaning does not improve the sample
purity, mass-balance corrections can be applied to correct for the effects of non-diatom contaminants
following isotope analysis. For example Morley et al. (2005), analysing changes in δ18Odiatom in Lake
Baikal, showed that even after purification, diatom concentrations in “cleaned” Lake Baikal sediments
ranged from 33% to 99% with δ18O values between +14.4‰ and +34.3‰. By assuming that the bulk
δ18O value of the cleaned samples was a linear mixture of oxygen from silt and diatoms, samples were
mass balanced corrected to obtain a modelled silt-free value of δ18Odiatom using point counting estimates
of non-diatom contamination and a average δ18O value of silt of +12.3‰ (Brewer et al., 2008). To date
this modeling approach has not been applied to analyses of δ30Sidiatom, δ13Cdiatom or δ15Ndiatom data.
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Whilst mass-balance corrections contain several limitations, such as making assumptions over the
amount of silt/contamination to diatom oxygen in each sample, it is one of the few non-destructive
ways of correcting for the influence of contaminants so long as a small amount of the cleaned diatom
sample is left after isotope analysis to measure the isotopic composition of the contaminants.

4 Analytical Methods
4.1 Oxygen isotopes
Due to the presence of contaminant oxygen, the outer -Si-OH, hydrous layer of the diatom frustule
needs to be removed or accounted for prior to isotope analysis, for example by using oxidising reagents
and/or high temperatures (see Section 2.1). Extraction of the -Si-OH layer requires the removal or
exchange of 7-40% of all oxygen within a diatom (Knauth, 1973; Labeyrie, 1979; Labeyrie and Juillet,
1982; Leng et al., 2001; Leng and Sloane, 2008; Swann et al., 2008). Early attempts to remove the
oxygen in the -Si-OH layer involved dehydrating samples under vacuum (Mopper and Garlick, 1971;
Labeyrie, 1974, 1979). Although the analytical reproducibility and accuracy of the vacuum dehydration
method improved with time, the δ18Odiatom signal was thought to be contaminated in part due to partial
isotopic exchange during sample dehydration (Labeyrie, 1979; Labeyrie and Juillet, 1980, 1982). At
present, three reliable techniques have been established which fully account for the -Si-OH layer and
permit paleoenvironmental reconstructions from δ18Odiatom: Controlled Isotope Exchange (CIE)
followed by fluorination (Labeyrie and Juillet, 1982; Juillet-Leclerc and Labeyrie, 1987), Stepwise
Fluorination (SWF) (Haimson and Knauth 1983; Matheney and Knauth 1989) and inductive HighTemperature carbon Reduction (iHTR) (Lücke et al., 2005). The amount of diatom material required
for each technique varies, the critical factor being whether the mass spectrometry is online or offline
and, in theory, the relative size of the diatom -Si-OH layer. Typically, between 1.5 mg and 6.5 mg of
diatoms is required for a single analysis.
Under CIE, oxygen in the -Si-OH layer of the diatom is exchanged with water containing a
known δ18O ratio (Labeyrie and Juillet, 1982; Juillet-Leclerc and Labeyrie, 1987; Crespin et al., 2008).
After vacuum heating at 1000oC to remove the oxygen in the -Si-OH layer, samples are reacted with a
fluorine regent to dissociate the tetrahedrally bonded oxygen within the frustules before analysis using
standard gas source Isotope Ratio Mass Spectrometry (IRMS) techniques. Mass-balance corrections are
then applied to correct for any of the labelled water not removed under vacuum.
SWF techniques involve the use of a fluorine reagent and heat (using a furnace or laser) to
extract the oxygen from the different layers of the diatom frustule in separate stages, thereby avoiding
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contamination between the oxygen in the -Si-OH and Si-O-Si layers (Haimson and Knauth, 1983;
Thorliefson, 1984; Matheney and Knauth, 1989). Using adaptations of the fluorination procedures
established by Taylor and Epstein (1962) and Epstein and Taylor (1971), the -Si-OH layer is initially
stripped away leaving behind the inner Si-O-Si layer. A second fluorination stage is then used to
liberate oxygen from the Si-O-Si layer (see Leng and Sloane (2008)).
Whilst both CIE and SWF have produced comparable results, using either conventional furnace
or laser heating, it has been suggested that measurements from CIE have to be calibrated against SWF
due to concerns over incomplete oxygen exchange between the -Si-OH layer and the labelled water
under CIE (Schmidt et al., 1997). However, a significant problem of both the CIE and SWF techniques
is the requirement for fluorine based oxidising reagents, which have specific health and safety
requirements (Leng and Sloane 2008). The inductive High Temperature carbon Reduction (iHTR)
method for analysing δ18Odiatom eliminates the need for a fluorine-based reagent (Lücke et al., 2005). In
iHTR, diatoms are mixed with graphite and heated under vacuum to volatilise any sample contaminants
and remove the -Si-OH layer. Further heating of the sample to 1,550oC results in oxygen from the SiO-Si bonds being converted to CO for either continuous or offline mass spectrometry.

4.2 Silicon isotopes
Similar to δ18Odiatom, recent years have been marked by the development and refinement of a range of
techniques to analyse δ30Sidiatom. Methods for the analysis of δ30Si include fluorine based conversion of
purified silica into SiF4 and IRMS (De Freitas et al., 1991; De La Rocha et al., 1996; Ding et al., 1996;
Leng and Sloane, 2008), Multicollector Inductively Coupled Plasma Mass Spectrometry (MC-ICP-MS)
(De La Rocha 2002; Cardinal et al., 2003; Reynolds et al., 2006b), acid decomposition and IRMS
(Brzezinksi et al., 2006) or ion microprobe analysis (e.g. Basile-Doelsch et al. (2005)). Analytical
reproducibility for the most commonly used methods, fluorination and MC-ICP-MS are similar at ca.
0.1‰ (1σ) (Reynolds et al., 2007).
Fluorination methods are based around techniques used for early δ30Si measurements of mineral
and lunar samples (Epstein and Taylor 1970a, b). This involves the conversion of silicate into SiF4
using a fluorine reagent and is similar to the SWF method used for analyzing δ18Odiatom. However, since
δ30Sidiatom is homogeneous across the diatom frustule, no pre-fluorination stage is required unless
oxygen for δ18Odiatom is being extracted from the same sample. A recent advancement is the
development of a SWF technique which allows for the δ18Odiatom and δ30Sidiatom signal to be collected
simultaneously from the same sample (Leng and Sloane, 2008). Following liberation and collection of
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the oxygen, the silicon can be collected as a by-product of the fluorination reaction as SiF4. This is an
important step given the large (milligrams) amounts of material normally required for δ18Odiatom and
δ30Sidiatom analysis using fluorination techniques and opens the possibility of combining information on
surface water oceanographic and climate conditions (δ18Odiatom) with information on photic zone
nutrient utilization (δ30Sidiatom).
MC-ICP-MS, operating in either wet or dry plasma mode, offers the option to avoid using
fluorine reagents when analysing δ30Sidiatom (e.g. De La Rocha, 2002; Cardinal et al., 2003). Through
the use of standard-sample-standard bracketing, reliable δ30Si measurements can be obtained with
analytical errors under conventional MC-ICP-MS that are either equivalent to or lower than those
achieved with IRMS (Cardinal et al., 2003). Further advances in recent years have been made by using
an alkaline fusion rather than HF dissolution stage to increase the sensitivity and reduce silicon
fractionation during sample introduction (Georg et al., 2006b; van den Boorn et al., 2006). The use of
MC-ICP-MS, however, is often limited by the presence of atomic interferences over the Si mass range
by, amongst others, CO+, NO+ and N2+ and N2H+. In particular, many mass spectrometers operating at
normal resolution experience high intensity interferences over mass 30, including amongst others
14

N16O, requiring that isotope data be reported as δ29Si rather than δ30Si (Cardinal et al., 2003). Dual

analysis of samples through both MC-ICP-MS and IRMS, however, have demonstrated a linear
relationship between δ29Si and δ30Si (De La Rocha 2002) allowing isotope measurements from
different laboratories to be compared. The increasing availability of high resolution MC-ICP-MS,
however, eliminates the effects of interference and allows direct measurement of δ30Si (Georg et al.,
2006b; Reynolds et al., 2006a,b). Whilst yet to be widely used in diatom studies, the introduction of
laser ablation systems (LA-MC-ICP-MS) is also likely to yield promising results in the near future (e.g.
Chmeleff et al., 2008).
In addition to IRMS and MC-ICP-MS, a number of other methods hold significant potential in
analysing δ30Sidiatom. One is the development of an acid decomposition method for analysing δ30Si on a
Finnegan Kiel device in which samples are dissolved in HF before being converted to SiF4 and
analysed by IRMS (Brzezinski et al., 2006). Second is Secondary Ions Mass Spectrometry (SIMS).
Whilst analyses to date have been restricted to quartz and cosmic spherules rather than diatoms samples
(e.g. Alexander et al., 2002; Basile-Doelsch et al., 2005; Robert and Chaussidon, 2006), the ability to
analyse small grains (> 50 µm) opens the possibility that it may become viable to analyse individual
frustules. However, in order to achieve this, a reduction in the analytical error associated with SIMS is
required, which are currently higher than those of other techniques (Basile-Doelsch et al., 2005).
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4.3 Carbon/Nitrogen
Both δ13Cdiatom and δ15Ndiatom can be analyzed simultaneously on the same sample using an elemental
analyzer (which also provides %C and %N data) attached to a mass spectrometer. Continuous flow or
cryogenic trapping methods are used where CO2 and N2O are passed from the analyser to the IRMS.
The exact details of the analytical protocol varies between individual laboratories (e.g. Shemesh et al.,
1993; Crosta and Shemesh, 2002). The coupled elemental analyser-IRMS technique has greatly
simplified organic isotope measurements, has dramatically increased sample analysis through put,
while also allowing significant reduction in sample size over conventional off-line preparations.
Recently a new persulfate-denitrifier technique has been developed specifically for analyzing δ15Ndiatom
in which organic N in the frustule is liberated and converted to N2O for δ15N analysis (Robinson et al.,
2004). Importantly, the persulfate-denitrifier method increases sensitivity and so requires much smaller
sample sizes, ca. 5 mg compared to 80-100 mg of diatom for combustion methods. Surprisingly N
yields are lower and δ15Ndiatom values, typically, 1-3‰ higher under the persulfate-denitrifier method.
At present the reason behind these discrepancies remains unresolved. One explanation is the presence
of a contaminant gaseous N pool trapped within diatoms, which is analyzed during the combustion
process but removed prior to isotope analysis with the persulfate-denitrifier method. However, it is also
possible that the persulfate-denitrifier method may fail to completely react with all the organic nitrogen
within the frustule (De La Rocha, 2006) whilst other “uncontrolled processes” during the persulfatedenitrifier method may result in the formation of other nitrogen compounds, limiting the accuracy of
individual persulfate-denitrifier measurements (Crosta et al., 2005). As such, further research is
required into the analytical techniques used for δ15Ndiatom.

6 Summary
Diatom silica is a form of biogenic opal with the structure mainly formed of tetrahedrally bonded Si-OSi molecules surrounded by a hydrous layer of loosely bonded -Si-OH species which can rapidly
exchange oxygen with surrounding water. In addition, the frustule contains small amounts of carbon
and nitrogen which are commonly thought to occur as intrinsic and sub-micron inclusions of organic
matter. Here we show that valuable palaeoenvironmental data can be gained from the oxygen
(δ18Odiatom), silicon (δ30Sidiatom), carbon (δ13Cdiatom) and nitrogen (δ15Ndiatom) isotope composition of
diatom silica, especially since diatoms are abundant in many lakes and found over vast areas of our
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oceans. They are particularly important in areas where other hosts (e.g. carbonates) are absent, such as
in high latitude marine and lacustrine regions.
Analysis of the isotope composition of diatom silica requires samples that are almost pure
diatomite since analytical techniques will also liberate any contaminants remaining in the sample.
Recent studies of δ18Odiatom have highlighted this, showing that even a small proportion of contaminant
can have a significant influence on the isotope values. While there is a generally accepted protocol for
cleaning samples involving chemistry, sieving and settling techniques, and more recently laminar flow
separation, all sediments require their own specific procedure and every sample must be scrutinized by
microscopy/SEM to check for the level of contamination prior to analysis. Where sediments cannot be
purified sufficiently, a semi-quantitative or geochemical assessment of the main contaminants can
facilitate mass balance techniques.
Isotope measurements can be obtained by various fluorination and IRMS methods for O and Si.
Alternative methods are being increasingly used for silicon isotopes, namely MC-ICP-MS and SIMS.
Analysis of the carbon and nitrogen isotope composition from diatom included organic matter mainly
requires combustion within an elemental analyzer and IRMS and are relatively straight forward apart
from dealing with the large sample sizes (ca. 30-100 mg). Recent advances, however, have resulted in
the development of novel analytical techniques for δ15Ndiatom which allow for significantly smaller
sample (ca. 5 mg).

Acknowledgements
Thanks are owed to Elsevier for permission to re-print Fig. 1, and to Robert Moschen and Elsevier for
permission to re-print Fig. 2. Funding for GEAS was provided by a NERC postdoctoral fellowship
award (NE/F012969/1).

Figures
Figure 1. Amorphous silica (here used as an analogue for diatom silica). A schematic illustration of the
structure of amorphous hydrated silica showing the inner tetrahedrally bonded silica and the outer
(readily exchangeable) hydrous layer. Figure reprinted from Leng and Barker (2006), with permission
from Elsevier.
Figure 2. Infra-red absorption spectra of diatoms from a laboratory culture and from Lake Holzmaar,
Germany, showing the progressive loss of –Si-OH groups and the creation of -Si-O-Si bonds as the
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frustule undergo silica maturation during sedimentation/burial. Graph of Cyclotella meneghiniana
shows the absorption spectra of a laboratory culture which is similar in transmission to that of sediment
trap material. Figure reprinted from Moschen et al. (2006), with permission from Elsevier.
Figure 3. Scanning electron microscopy images of (a) diatom frustules and micron scale grains
contained within and around diatoms (Lake Baikal, Russia, sediments), (b) tephra within a diatom
sample, which are usually difficult to remove because of electrostatic charge (Lake Tilo, Ethopia,
sediments), (c) clays and accumulations of sub-micron scale material within a diatom sample (Lake
Baikal sediments), (d) a pure diatom sample from ODP Site 882 in the North West Pacific Ocean,
showing good preservation and the absence of submicron fragments.
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