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ABSTRACT

The influences of precipitation on water mass transformation and the strength of the meridional over-

turning circulation in marginal seas are studied using theoretical and idealized numerical models. Non-

dimensional equations are developed for the temperature and salinity anomalies of deep convective water

masses, making explicit their dependence on both geometric parameters such as basin area, sill depth, and

latitude, as well as on the strength of atmospheric forcing. In addition to the properties of the convective

water, the theory also predicts the magnitude of precipitation required to shut down deep convection and

switch the circulation into the haline mode. High-resolution numerical model calculations compare well with

the theory for the properties of the convective water mass, the strength of the meridional overturning cir-

culation, and also the shutdown of deep convection. However, the numerical model also shows that, for

precipitation levels that exceed this critical threshold, the circulation retains downwelling and northward heat

transport, even in the absence of deep convection.

1. Introduction

The oceanic thermohaline circulation transports heat

from low latitudes to high latitudes, transports freshwa-

ter from high latitudes to low latitudes, and plays an

important role in the global heat and freshwater budgets.

The ocean loses heat to the atmosphere all along its cy-

clonic circulation path through the subpolar North At-

lantic and Nordic Seas. Heat loss can drive very deep

convection in a few locations that are generally identified

by weak mean circulation and a doming of isopycnals,

such as the Labrador and Greenland Seas (Marshall and

Schott 1999). This meridional heat transport is at least

partially responsible for the warmer surface waters in the

North Atlantic Ocean compared to similar latitudes in

the Pacific Ocean and also leads to a relatively mild cli-

mate in Western Europe.

The possibility of fundamentally different ocean cir-

culation patterns for an ocean driven by both heat and

freshwater flux was raised by the two-box model of

Stommel (1961) and again by Rooth (1982). In these

simplemodels, there is a parameter regime for which the

ocean can have more than one stable circulation state

for the same atmospheric forcing. There exists a thermal

mode, which is characterized by northward surface

transport of warm, salty water with a cold, deep return

flow (this corresponds to the present-day circulation in

the North Atlantic) and a haline mode, for which the

circulation transports cold freshwater equatorward near

the surface. The Stommel model predicts that the ther-

mal mode can exist for only a limited parameter space

and that for sufficiently strong freshwater forcing at high

latitudes the only mode that exists is the haline mode.

Thus, there is concern that the present-day thermal

mode might be shut down if climate change results in

sufficient freshwater input in the high latitudes of the

North Atlantic: for example, by increased precipitation,

river runoff, or melting of the Greenland ice sheet

(Broeker et al. 1985; Rahmstorf et al. 2005). Such an

increase in the hydrological cycle is expected for

a warming planet (Wentz et al. 2007). The existence of

multiple steady states also introduces the possibility of

hysteresis such that, once the system falls into the haline

mode, it will remain there even subject to a reduction in

the freshwater forcing below the critical level required

for collapse of the thermal mode (e.g., Whitehead 1995;

Marotzke 2000; Rahmstorf et al. 2005).

More complex ocean-only and coupled ocean–

atmosphere general circulation models support many

of the features of Stommel’s original model. A sufficient

increase of freshwater at the surface in the subpolar North

Atlantic can lead to a shutdown of deep convection and

sinking and a reduction of the oceanic meridional heat

transport (Bryan 1986; Rahmstorf et al. 2005). In coupled
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ocean–atmosphere models, this results in a cooling over

the northern North Atlantic and Europe of several de-

grees Celsius (Manabe and Stouffer 1995; Rahmstorf

1995).

Traditional climate models are not yet able to ex-

plicitly represent mesoscale eddies or their influence on

heat and freshwater transport. Mesoscale eddies are

known to play a central role in closing the heat budgets

in convective regions (Marshall and Schott 1999). Re-

cent idealized modeling and theoretical studies suggest

that the strength of the cyclonic boundary current sys-

tems that encircle deep convection sites are controlled

by heat loss in the basin interior and the efficiency by

which eddies can transport heat from the boundary

current into the interior convection sites (Spall 2004,

2011). It was shown that the eddies are a central element

in determining the properties of the convective water

mass, the exported water mass, the meridional heat

transport, and the strength of the meridional over-

turning circulation (MOC). These studies were limited

to thermal forcing only. Straneo (2006) found that a

similar model with both temperature and salinity forced

by realistic atmospheric fluxes was able to reproduce

much of the seasonal to interannual variability in the

Labrador Sea, suggesting the relevance of the basic

model dynamics.

Although the general behavior of the oceanic circu-

lation under mixed boundary conditions has been

known for a long time and is supported by a wide range

of models, fundamental aspects of the dynamics remain

unknown. For example, it is not well understood what

determines the level of precipitation that is required to

shut down deep convection. What is the influence of

basin geometry (sill depth, area, and topography)?

Would a warming or freshening of the ocean at low

latitudes make shutdown more or less likely? Do me-

soscale eddies change the basic prediction of multiple

steady states and thermohaline collapse? These issues

will be addressed with a combination of an analytic

model (developed in section 2) and an idealized eddy-

resolving general circulation model (sections 3 and 4).

2. A simple model of the marginal sea

Following Spall (2004, 2011), a simple theoretical

model to determine the primary characteristics of the

water mass transformation within a marginal sea is now

developed. This approach builds on the results from

idealized general circulation models and observations in

the North Atlantic subpolar gyre and Nordic Seas. It is

assumed that the heat, salt, andmass fluxes across the sill

are carried by the mean flow in a cyclonic boundary

current system, northward along the eastern boundary

and southward along the western boundary (Fig. 1). The

interior of the marginal sea, defined by a region of flat or

closed topographic contours, is taken to be filled with a

homogeneous water mass of temperature T and salinity

S. It is assumed that the mean flow is directed along the

topography and, as a result, heat and freshwater ex-

changes between the ocean and atmosphere in the basin

interior must be balanced by lateral eddy advection

from the cyclonic boundary current. Such eddy shedding

is prominent in the Labrador Sea (Prater 2002; Lilly and

Rhines 2002) and the Lofoten Basin of the Nordic Seas

(Poulain et al. 1996). The assumption that the exchange

across the sill is carried entirely by themean flow and the

exchange with the interior is carried entirely by the eddy

fluxes allows for analytic progress to be made.

The properties of the convective water mass can be

determined by the heat and salt balances in the basin

interior. The heat flux is parameterized by a relaxation

of the sea surface temperature toward an atmospheric

temperature with a relaxation constant G (W m22 C21;

FIG. 1. Schematic of the idealized marginal sea model. The basin

interior is defined by closed topographic contours while the cy-

clonic boundary current lies over topographic contours that con-

nect with the open ocean. The basin interior is homogeneous with

temperature T and salinity S. The inflowing water has temperature

T1 and salinity S1, and the outflowing water has temperature Tout

and salinity Sout. All exchange across the sill is carried by the mean

flow, whereas all exchange between the boundary current and the

basin interior is carried by eddies.
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Haney 1971). In this way, warm water loses heat more

rapidly to a cold atmosphere than does cold water. Sa-

linity has no such strong feedback between the sea sur-

face salinity and the freshwater flux, and so the surface

condition for salinity is a specified flux E (m s21). Al-

though Stommel (1961) used a restoring condition for

salinity that was weaker than that for temperature, it is

essentially this difference in boundary conditions be-

tween temperature and salinity that allows for multiple

equilibria in the thermohaline circulation. The equa-

tions for the heat and salt balances in the basin interior

are written as

PHu9T95
AG(T2TA)

r0Cp

and (1)

PHu9S952AES0 , (2)

where T is the mean temperature in the basin interior

(and Swill be themean salinity in the basin interior), the

overbar denotes a time average, primes indicate per-

turbations from the time mean, u9 is the velocity com-

ponent directed into the basin interior, P is the

perimeter of the interior of the marginal sea (where the

topography is flat or the topographic contours are

closed), A is the surface area of the interior of the

marginal sea, H is the sill depth, r0 is a representative

ocean density, S0 is a representative ocean salinity, E is

the net evaporation minus precipitation, and Cp is the

specific heat of seawater. Here, TA is the spatial average

of the atmospheric temperature over the interior of the

marginal sea.

The eddy heat and salt fluxes are parameterized as

being proportional to the baroclinic velocity in the

inflowing boundary current V and the temperature or

salinity difference between the boundary current and

the basin interior (Visbeck et al. 1996; Spall 2004),

u9T95 cV(T1 2T), u9S95 cV(S12 S) . (3)

For simplicity, it is assumed that the temperature and

salinity of the boundary current are the same as the

(known) temperature and salinity of the ocean to the

south of the sill along the eastern boundary, denoted as

T1 and S1.

The coefficient c depends on the bottom slope ap-

proximately as c 5 0.025e2d, as derived from linear

baroclinic stability theory in Spall (2004). The non-

dimensional parameter d is the ratio of the bottom slope

to the mean isopycnal slope in the boundary current.

Isachsen (2011) tested the linear stability theory used by

Spall (2004) over a wide range of bottom slopes and

nonlinearity and found generally close agreement between

the theory and a nonlinear model for 21 , d , 0 (cy-

clonic boundary currents). For simplicity, it will be as-

sumed that c is constant; its value is estimated empirically

through comparisons with eddy-resolving numerical

model results in section 3 to be c5 0.007. This implies

d 5 20.64, which is roughly consistent with the mean

hydrography of the cyclonic boundary current in the

model calculations and consistent with observations in the

Labrador Sea (Pickart and Spall 2007).

The depth-averaged baroclinic velocity in the bound-

ary current is assumed to be in thermal wind balance, so it

depends linearly on the density difference between the

boundary current and the interior,

V5
gH

2r0f0L
[aT(T1 2T)2aS(S12 S)] , (4)

where g is the gravitational acceleration, aT is the

thermal expansion coefficient, and aS is the haline ex-

pansion coefficient (a linear equation of state is used).

Here, L is the width of the sloping topography over

which the boundary current lies, assumed to be given by

those topographic contours that connect from the open

ocean into the marginal sea (Iovino et al. 2008) as L 5
H/s, where s 5 0.02 is the average bottom slope around

the perimeter of the marginal sea. It is assumed that the

temperature and salinity of the boundary current are

constant around the perimeter of the basin. In reality T1,

S1, and V decrease around the perimeter of the basin as

a result of exchanges with the atmosphere and basin

interior. Such spatial dependence would be difficult to

represent in the following analytical solution and so is

neglected here.

Using these conditions, the heat and salt balances, (1)

and (2), may be written as

gcPH2

2r0f0L
[aT(T12T)2aS(S12 S)](T12T)

5
AG(T2TA)

r0Cp

and (5)

gcPH2

2r0f0L
[aT(T12T)2aS(S12 S)](S12 S)52AES0 .

(6)

It has been assumed that the density difference be-

tween the boundary current and the interior is con-

trolled by temperature, giving rise to the thermal mode

solutions. If the density difference is determined by sa-

linity, the left-hand side of (5) and (6) change sign,

resulting in the haline mode solution (discussed further

below).We will solve for the nondimensional temperature

1686 JOURNAL OF PHYS ICAL OCEANOGRAPHY VOLUME 42



difference between the boundary current and the basin

interior, DT 5 (T1 2 T)/T*, and the nondimensional

salinity difference between the boundary current and

the basin interior, DS5 (S1 2 S)aS/aTT*, where salinity

has been scaled by the salinity equivalent of a density

anomaly of aT*. The natural temperature scale in the

problem is defined by T* 5 T1 2 TA, the difference

between the inflowing temperature and the temperature

of the atmosphere over the interior of the marginal sea.

Equations (5) and (6) may be arranged as a single

equation for temperature,

DT2 7 (DT21 g/«)1/2DT1 4m/�(DT2 1)5 0, (7)

and a diagnostic equation for salinity,

DS5
1

2
[DT6 (DT21 g/�)1/2] . (8)

Eq. (7) can also be written as a cubic, which has two pos-

itive roots and one negative root (not physically relevant

here).

The nondimensional � 5 cP/L is the ratio of the heat

fluxed into the basin interior by eddies compared to that

advected into the basin in the inflowing boundary cur-

rent (relative to T; Spall 2004). The value of � is very

small for stable boundary currents and increases to 1 for

boundary currents that are sufficiently unstable that

they lose all their heat to the interior of the basin before

it is carried all the way around the marginal sea.

The nondimensional parameter m is defined as

m5
AGf0

aTgCpH
2T*

. (9)

As discussed by Spall (2011), m/� is a measure of the

relative influence of lateral eddy heat fluxes from the

boundary current into the basin interior compared to

heat loss to the atmosphere. For m/� � 1, lateral eddy

heat flux from the boundary is very strong and leads to

a relatively warm basin interior (cf. the atmospheric

temperature): that is, T’ T1. For m/�� 1, the boundary

current is relatively stable and the atmosphere is able to

strongly cool the basin interior so that T ’ TA.

There is now an additional nondimensional parameter

g that is proportional to the freshwater flux E,

g5
8Ar0f0S0aSE

gH2a2
TT*

2
. (10)

Similar to m/�, the combination g/� characterizes the

relative balance between surface forcing and lateral

eddy fluxes in the salinity balance. The precipitation

scale defined by g/� 5 1 represents the maximum

amount of freshwater flux over the basin interior that

can be balanced by lateral eddy fluxes of salt from the

boundary current. For values of precipitation in excess

of this amount, the maximum salt transport possible

from the boundary current still cannot balance the sur-

face forcing, and freshwater will accumulate in the basin

interior. Of course, for most configurations, the system

will not be able to support even this amount of an eddy

salt flux. Large values of g/� indicate dominance of at-

mospheric forcing, and small values indicate strong lat-

eral eddy fluxes. Note that in (7) and (8) m and g always

appear in combination with �. They are discussed as

separate parameters to clarify their influences on the

solutions, and they appear separately in the whole basin

budgets that are required to evaluate the strength of the

meridional overturning circulation below.

It can be shown that (7) and (8) are equivalent to the

equations derived for a simple two-box model of the

thermohaline circulation subject to a restoring condition

on temperature and a flux condition on salinity (Huang

et al. 1992) and are very similar in behavior to the classic

two-box model of the thermohaline circulation with re-

storing for salinity originally developed by Stommel

(1961). In this context, the boundary current plays the

role of the low-latitude box and the interior of the mar-

ginal sea is analogous to the high-latitude box. The ex-

change between the boxes in the previous boxmodelswas

assumed to be due to mean advection down the pressure

gradient. This causes some conceptual difficulty if one

thinks the large-scale mean flow is in geostrophic balance

(flow along constant pressure). However, here the heat

and salt transports are driven by eddy fluxes, which one

would expect to be in the direction of the pressure gra-

dient if they are a result of baroclinic instability [e.g.,

(3) and (4)]. The mean transport down the pressure gra-

dient in the previous box models was interpreted as the

strength of the overturning circulation. However, in the

present model, this is really the diapycnal mass flux car-

ried by mesoscale eddies. As will be shown below, this is

very different from the overturning mass flux.

This model is similar to the two-box model in the ap-

pendix ofMarotzke (2000), although hismodel predicted

only the salinity. His equation (5) is equivalent to (8) but,

because temperature is fixed in his model, there is no

equivalent to (7). The present model also has similarities

with the two-boxmodels ofWelander (1982), Rahmstorf

(2001), and Kuhlbrodt et al. (2001), in which convection

is represented by a seasonal mixed layer and a deep con-

vective water mass. The deep-ocean properties are fixed

in the model of Welander, and exchange between the

deep ocean and the surrounding water masses is param-

eterized by a restoring to a specified temperature and

salinity by Rahmstorf (2001) and Kuhlbrodt et al. (2001).
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This restoring represents exchange between the convec-

tion region and the surrounding ocean, analogous to the

eddy flux exchange represented by (3). A key difference

is that the exchange coefficient in the present model is

not a constant; it depends on the density difference be-

tween the boxes and also on the geometry and topog-

raphy of the basin. Stigebrandt (1985) also introduced a

simple model of a heat and freshwater forced marginal

sea with a sill that consisted of a geostrophically balanced

cyclonic boundary current and a homogeneous basin in-

terior. The configuration was very similar to the present

one, but the explicit exchange between the boundary

current and the basin interior due to eddies and the

dependence of heat flux on ocean temperature were

not considered; thus, the system was underdetermined.

The present system of equations supports two solu-

tions (the thermal modes) reflected by the6 in (8). The

positive root in (8) [which corresponds to the negative

root in (7)] results in steady solutions for which DS .
0.5DT, although it can be shown that most of these so-

lutions are unstable to small perturbations and are thus

inaccessible in time-dependent configurations. The

other root produces steady, stable solutions in which the

density contrast is dominated by the temperature dif-

ference. These are the stable and unstable thermal

modes discussed by Stommel (1961) and others.

The haline mode results if the salinity contribution is

larger than the density contribution, DS/DT . 1, in

which case the water in the interior of themarginal sea is

less dense than that in the boundary current. The sense

of the boundary current circulation is reversed, resulting

in a change of sign for the terms with m/� and g/�. The

resulting equations for the haline mode are

DT22 (DT22 g/�)1/2DT2 4m/�(DT2 1)5 0 and (11)

DS5
1

2
[DT1 (DT2 2 g/�)1/2] . (12)

There is only one root that gives a physically consistent

solution with 0 , T , 1. It has been surmised that the

present thermalmode of circulation in theNorthAtlantic

Ocean might flip into the haline mode of circulation if

sufficient freshwater is introduced at high latitudes, the

so-called thermohaline catastrophe (Broeker et al. 1985).

This will be discussed further below; for the remainder of

this section, we will concentrate on the stable thermal

mode solution.

a. Temperature and salinity of the convective
water mass

The coupled set of equations (7) and (8) can be solved

numerically for the stable thermal mode given specified

values of the forcing parameters m/� and g/�. The non-

dimensional temperature difference between the inflowing

water and the convective water mass in the interior of

the marginal sea is shown in Fig. 2a over a wide range of

forcing parameters. For weak thermal forcing, m/� � 1,

DT� 1, meaning that the temperature in the interior of

the basin is close to the temperature of the inflowing

water along the eastern boundary. The eddies are able to

flux a lot of heat into the basin interior before the at-

mosphere can cool the ocean. The temperature in the

basin interior decreases with increasing m/�, with DT
approaching 1 for m/� � 1. The temperature of the con-

vective water mass is only weakly dependent on the

strength of freshwater forcing g/�, becoming slightly

cooler as precipitation is increased.

For sufficiently strong precipitation such that g/� ,
2DT2, the discriminant in (7) and (8) will become neg-

ative. This gives rise to imaginary roots forDT and DS. It
has been assumed in the derivation of the heat and salt

budgets that the interior consists of a homogeneous

water mass that exchanges heat and fresh with the at-

mosphere, which is balanced by lateral eddy fluxes from

the boundary current. The salinity acts to reduce the

density difference between the boundary current and

the basin interior, thus reducing the strength of the eddy

fluxes originating from the boundary current [see (3)

and (4)]. If the temperature contrast is too small, the

eddy fluxes are unable to balance the precipitation in the

basin interior and steady, convective solutions are not

possible. This nonconvective regime is indicated by the

white region in Fig. 2. Increasingly large values of pre-

cipitation are required to shut down convection as the

thermal forcing gets stronger (or the eddy fluxes get

weaker, large m/�). The definitions of m, g, and � explicitly

demonstrate the dependence of convective shutdown on all

model parameters, including basin geometry (sill depth,

area, and topographic slope), the relative difference be-

tween the ocean and atmospheric temperature, the strength

of thermal relaxation, and the Coriolis parameter. Note

that, because of the linear equationof state and the constant

reference salinity in (2), the salinity of the inflowing water

does not influence the equilibrium state of the system.

For the traditional two-box model of Stommel (1961),

precipitation exceeding this critical value results in a switch

from the thermal mode to the haline mode. The nature of

the solutions in this limit will be explored using a numerical

model in section 4. The main point here is that a finite re-

gime defined by the values of g/« and m/� exists for which

the systemcan support deep convection in thebasin interior.

The salinity difference between the boundary current

and the basin interior is shown in Fig. 2b. The interior

becomes fresher as g/« becomes increasingly negative,

as expected. Salinity is a weak function of thermal forcing
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away from the limit of deep convection but becomes a

stronger function of m/� as this limit is approached. At

the limit of deep convection, DS 5 DT/2. The contribu-

tion of salinity to the density difference between the

boundary current and the basin interior cannot exceed

half that of the temperature difference. The relative

proximity of any convective basin to haline catastrophe

can be estimated from hydrography by DS/DT.
The density difference between the boundary current

and the basin interior is DT 2 DS, as shown in Fig. 2c.

The density anomaly of the convective water mass is

only a weak function of g/� for m/�� 1 but depends only

on g/� for m/� � 1.

Values of m/� and g/� can be estimated for the Lab-

rador Sea. Although the uncertainties are large, it is

nonetheless useful to give an idea of where this region of

deep convection lies in nondimensional forcing space and

to assess the predictions from the theory. The area of the

interior of the Labrador Sea is approximately 53 1011 m2

and the Coriolis parameter f0 5 1.2 3 1024 s21. The re-

storing constant G is set to 10 W m22 C21 (Seager et al.

1995). The annual-mean atmospheric temperature is

approximately TA 5 08C [calculated from the European

Centre forMedium-RangeWeather Forecasts (ECMWF)

Interim Reanalysis (ERA-Interim) data of Dee et al.

2011], whereas the inflowing water temperature is

approximately 4.58C (Pickart and Spall 2007), giving

T* 5 4.58C. The vertical-scale height H 5 1500 m is

taken to be the approximate depth of the Nordic Seas

overflow water in the Labrador Sea. This is of course

not the same as the sill depth assumed in the theory and

could be a different depth for different parameter re-

gimes, so it must be viewed as an empirical factor for this

parameter estimate. The thermal expansion coefficient

aT 5 0.15 kg m23 C21. The net evaporation minus

precipitation rate for the Labrador Sea is approximately

1.5 3 1028 m s21 (Schanze et al. 2010). The eddy flux

parameter « was estimated to be 0.2 by Pickart and Spall

(2007). The resulting values are m/�5 0.05 and g/�5 0.1,

which lies in the lower-right region of parameter space,

as indicated by the letters in Fig. 2. The predicted prop-

erties for the convective water mass in the Labrador

Sea are T1 2 T 5 1.58C and S1 2 S 5 0.11. Although

inputs to these estimates are not well constrained, the

main point is that the theory gives predictions that are

in reasonable agreement with observations (e.g., in the

FIG. 2. Theoretical prediction of the nondimensional (a)

temperature anomaly; (b) salinity anomaly; and (c) density

anomaly of the convective water mass from Eqs. (7) and

(8), with contour interval (CI) of 0.1. Letters ‘‘LS’’ indicate

the approximate values for the Labrador Sea.
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averaged hydrographic data in Pickart and Spall 2007)

and that most oceanographically relevant regions will

have m/� # O(1). The ratio DS/DT 5 0.4 is reasonably

close to the critical value of 0.5, suggesting that the

Labrador Sea might be vulnerable to a shutdown of deep

convection. Kuhlbrodt et al. (2001) also concluded that

the Labrador Sea is close to a state that cannot support

deep convection.

b. Overturning in the marginal sea

The amount of sinking driven by buoyancy forcing in

the marginal sea is a fundamental quantity that charac-

terizes the general circulation and water mass trans-

formation. These dense waters also form the overflow

waters that would pass over the sill and entrain signifi-

cant ambient water as they flow downslope to the south.

Understanding what determines the amount of sinking

within the marginal sea is important if we are to under-

stand and predict the ocean response to changes in at-

mospheric forcing at high latitudes or changes in the

properties of waters flowing into the marginal sea.

The net sinking in the marginal sea can now be calcu-

lated by applying heat and salt budgets over the entire

marginal sea. Following Spall (2011), it is assumed that the

mass and heat exchange between the marginal sea and

the open ocean are carried by the mean, geostrophically

balanced flow in the eastern and western boundary cur-

rents and that the inflowing mass transport is balanced by

the outflowing mass transport. The outflowing water must

be denser than the inflowing water in order to balance

the buoyancy loss to the atmosphere. Thermal wind

balance then requires that the vertical shear in the out-

flowing boundary current is less than the vertical shear in

the inflowing boundary current. This in turn requires

that mass downwell somewhere within the marginal

sea in order to maintain geostrophic balance. Detailed

studies of the dynamics of these downwelling regions

indicate that they are concentrated near the boundaries

where the boundary current loses heat either directly to

the atmosphere or laterally via eddy fluxes (Spall 2010;

Cenedese 2012).

For the present analysis, we seek only to understand

what controls the net downwelling within the marginal

sea. Thermal wind balance indicates that the change in

the vertical shear between the inflowing and outflowing

boundary currents is proportional to the density differ-

ence between the eastern and western boundaries. The

net downwelling within the basin is given by the change

in geostrophic transport required to balance this density

change over one-half the sill depth. The one-half enters

because the transport loss in the upper half of the water

column is gained in the lower half of the water column,

thus reducing the vertical shear in the boundary current.

The magnitude of the downwelling required is

W*5 0:5(V2Vout)HL5
gH2(r1 2 rout)

4r0f0
, (13)

where the subscript ‘‘out’’ refers to the property of the

outflowing boundary current.

Heat and salt balances for the entire marginal sea may

be written as

(T1 2Tout)VHL5
AG

r0Cp

[T2TA1PL/A(T12TA)]

and (14Þ

(S12 Sout)VHL52EAS0 . (15)

For simplicity, it has been assumed in (15) that the area

over the boundary current is negligible compared to the

area of the interior of the marginal sea. Equations (14)

and (15) may be combined with (4), (7), (8), and (13) to

obtain the nondimensional downwelling within the

basin,

W5W*/C5
1

2Dr
(2m(12DT1PL/A)1g/4) . (16)

The downwelling has been nondimensionalized by the

maximum baroclinic transport that the circulation can

support, C 5 gH2aTT*/2r0f0. The term 1 2 DT results

from heat loss in the basin interior and the term PL/A

accounts for heat loss directly from the boundary current

to the atmosphere. The latter term is generally small but

can become important for m/� � 1, where DT / 1. Ne-

glecting this term, the downwelling may be written as

W5 0:5�(DT2DS) . (17)

This surprisingly simple expression shows that the net

downwelling within the marginal sea depends explicitly

on the parameter �, which is ameasure of howmuch heat

and salt are lost from the boundary current into the basin

interior because of lateral eddy fluxes. The other com-

ponent is the density anomaly of the convective water

mass (Dr 5 DT 2 DS), which determines the horizontal

transport in the boundary current through the thermal

wind relation. The influence of atmospheric forcing on

the downwelling within the marginal sea is then indi-

cated by Dr, which is shown in Fig. 2c. For weak thermal

restoring (small m/�), the meridional overturning circu-

lation in the marginal sea is only weakly dependent on

precipitation, but it is strongly dependent on changes in

thermal forcing. In the less realistic limit of large m/�, the
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net sinking is entirely controlled by precipitation because

the temperature of the convective water is essentially

constant at the atmospheric temperature. Precipitation

also becomes more important as the limit of convective

solutions is approached. The expression for downwelling

within the basin derived by Spall (2011) is consistent with

this result for DS 5 0, although it is not easily inferred

from the expression given in that paper.

3. Comparisons with an eddy-resolving numerical
model

The theory derived above for the properties of water

mass transformation in amarginal seamade use of simple

dynamic and thermodynamic assumptions. However, it is

possible that one ormore of those assumptions are notwell

satisfied in a more realistic model that includes non-

linearities, time dependence, and explicitly resolved

mesoscale eddies. In this section, an eddy-resolving ocean

circulation model is configured in an idealized basin and

subject to wind stress and heat and freshwater flux forcing.

The advantage of the idealized configuration is that the

nondimensional numbers m and g can be readily calcu-

lated and systematically varied in order to test the basic

parameter dependencies predicted by the theory. If good

agreement is found, the physical understanding that de-

rives from the analytic solutions can be directly applied to

themore complete general circulation represented by the

numerical model.

The numerical model is the Massachusetts Institute of

Technology General Circulation Model (MITgcm;

Marshall et al. 1997), details of the model domain and

forcing are given in the appendix and Fig. 3. The con-

figuration is the same as in Spall (2011) except that in

addition to a surface heat flux represented by a restoring

of sea surface temperature to an atmospheric tempera-

ture, a virtual salt flux is prescribed in the marginal sea,

north of 1200-km latitude.

The model is started at a state of rest with an initial

stratification of N2 5 2 3 1026 s22 and upper-level

temperature of 108C. For this calculation, the sill

depth is 1000 m, the atmospheric restoring strength is

10 W m22 C21, and precipitationE5223 1028 m s21

north of 1200-km latitude. The model is run for a period

of 30 yr for most of the calculations described below,

which is sufficient to achieve a statistical steady state (as

indicated by basin-integrated available potential energy

or kinetic energy and also the quantities diagnosed be-

low). This rapid spinup time results from a full depth

restoring near the southern boundary that is intended to

represent warming and upwelling in the rest of the

World Ocean, as discussed by Spall (2011). Note that this

neglects any feedback between water mass transformation

at high latitudes and the stratification at low latitudes.

Specifically, solutions for which low-latitude diapycnal

mixing and the upwelling branch of the MOC decrease

with increasing stratification (Nilsson and Walin 2001)

are not considered. This low-latitude restoring toward a

uniform stratification may also inhibit the development

of the haline mode, in which the sense of the over-

turning circulation is sinking in the south and upwell-

ing in the north.

Although clearly very idealized compared to the real

ocean, the model represents several key aspects of the

observed circulation in the northern North Atlantic

Ocean and Nordic Seas. The mean basin-scale circula-

tion is cyclonic in both the central and northern basins

(Fig. 4). Warm, salty water is advected northward along

the western boundary at low latitudes, crosses the basin

in the middle of the southern basin, and continues

northward along the eastern boundary. Upon reaching

FIG. 3. Model domain, bottom topography (white contours; CI5
300 m), wind stress (vectors), and atmospheric temperature toward

which the model sea surface temperature is restored (colors).

Temperature is restored toward a uniform stratification, and sa-

linity is restored toward 35, in the region south of the bold dashed

white line at 200 km. Precipitation is nonzero over the entire region

north of the sill at 1200-km latitude.
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the sill at 1200-km latitude, the warm current splits into

two branches, with one flowing to the west along the

southern flank of the sill and the other continuing toward

the north into themarginal sea.A similar branching south

of the sill is seen in observations (Orvik and Niiler 2002).

The temperature decreases monotonically along both

pathways as a result of heat loss to the atmosphere and

lateral eddy fluxes into the basin interior. The salinity

also decreases cyclonically around the marginal sea

because of precipitation. The coldest and freshest waters in

the model are found in the center of the marginal sea. The

water flowing southward along the western boundary of

the marginal sea is colder and fresher than the northward-

flowing water along the eastern boundary but is not as cold

and fresh as the convective waters in the interior of the

marginal sea.

a. Water mass properties

The predictions for the properties of the convective

watermass from the theory in section 2 are now compared

to properties diagnosed froma series of numericalmodel

calculations, as summarized in Table 1. The basic circu-

lation pattern inFig. 4 is found for awide range of thermal

and freshwater forcing strengths. For this model forcing

(run 2), m/� 5 0.057. The magnitude of g/� is varied by

increasing the precipitation over themarginal sea, giving

a range of g/«5 0,20.08,20.12,20.14,20.16, and20.20

(Table 1). The nondimensional temperature and salinity

anomalies of the interior convective water mass are cal-

culated as DT5 (T1 2 T)/T* and DS5 (S1 2 S)aS/aTT*,

where the subscript 1 indicates the transport weighted

inflowing temperature and salinity along the eastern

boundary and T and S indicate the average sea surface

temperature and salinity over the final 5 yr of model

integration in a circular region of 200-km diameter

centered at 500-km longitude and 1550-km latitude. The

solid line in Fig. 5 indicates the theoretical temperature

and the dashed line is the theoretical salinity from (7) and

(8). The thick line indicates the stable thermal mode so-

lutionswhile the thin lines are the unstable thermalmode.

The dotted and dashed–dotted lines indicate the salinity

and temperature for the halinemode. It is evident that the

unstable thermal mode has a much smaller density dif-

ference between the boundary current and the interior,

which implies a weaker geostrophic flow in the boundary

current and eddy flux into the interior. The asterisksmark

FIG. 4. (left) Mean sea surface temperature and horizontal velocity (every eighth grid point). (right) Mean sea surface salinity. White

contours are the bottom topography, with a CI of 400 m.
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the temperature, and the squares mark the salinity, di-

agnosed from the series ofmodel runs as a function of g/�.

There is generally good agreement between the model

and the theory. As precipitation increases, the salinity of

the convective water decreases (the anomaly increases),

as expected. The temperature of the convective water

also decreases with increasing precipitation but not by as

much (in density units) as does salinity, so the density

anomaly of the convective water decreases. For no

precipitation, the temperature anomaly of the convec-

tive water is 1.78C while, for precipitation of E 5 24 3
1028 m s21, the temperature anomaly increases to

2.478C and the salinity anomaly is 0.29. This gives a ratio

DS/DT 5 0.47, close to the theoretical limit of 0.5.

The response to increasing precipitation for stronger

thermal restoring is shown in Fig. 5b for m/� 5 0.44 (sill

depth of 600 m; restoring strength G 5 40 W m22 C21;

runs 8–11). Once again there is reasonable agreement

between the model and the theory. Deep convection is

supported for larger values of g/�, as predicted by the

theory. The interior is colder than for the weaker ther-

mal forcing in Fig. 5a for all values of precipitation.

For weaker thermal restoring (sill depth of 1000 m;

G 5 4 W m22 C21; m/� 5 0.022; runs 15–17), the theory

and model also compare closely. The temperature

anomaly of the interior water mass is reduced to only

about 20% of T* (Fig. 5c), compared to about 60% T*

for the calculation with G 5 40 W m22 C21. For this

weaker restoring, the magnitude of precipitation that

shuts down convection is also reduced to only about

22 3 1028 m s21, close to that in the Labrador Sea.

b. Meridional overturning strength

Comparisons are now made between the theory and

model calculations for the density anomaly of the

convective water mass and the strength of the meridio-

nal overturning circulation. The density anomaly of the

convective water mass (nondimensionalized by aTT*) is

shown in Fig. 6a for the numerical model (asterisks) and

the theory (stars). There are three sets of symbols, one

for each value ofm/�. The agreement betweenmodel and

theory is generally close. The density anomaly of the

convective water increases with increasing m/�, as ex-

pected from the theory. The density anomaly decreases

with increasing precipitation (g/�), only slightly for large

m/� but more so for very weak thermal forcing.

The maximum meridional overturning transport at

the sill latitude is indicated inFig. 6b, nondimensionalized

by the reference transport gH2aTT*/2r0f0. This is the

transport that a current would have for a lateral density

change of aTT* over a depth H, the largest baroclinic

transport that could be supported to flow over the sill.

The model downwelling was calculated from the aver-

age of the maximum meridional overturning stream-

function at the sill latitude over the final 5 yr of model

integration. Again there is close agreement between the

model and theory. The meridional overturning strength

is only weakly dependent on precipitation, especially so

for the larger values of m/�. This result also shows that

the magnitude of the downwelling is relatively small

compared to the potential horizontal transport implied

by the depth of the sill and the temperature of the at-

mosphere relative to the ocean.

4. Shutdown of deep convection

One of the basic predictions of the theory is the

magnitude of precipitation that is required to shift from

a regime with persistent deep convection to a regime

where a freshwater cap develops in the basin interior.

The state found in the model for each of the above

calculations is indicated in Fig. 7 as a function of m/� and

g/�. According to the theory, parameter values to the

right of the curve support statistically steady solutions

with deep convection in the basin interior. Such solu-

tions are not possible to the left of the curve. The as-

terisks mark the location for each model calculation in

which deep convection is consistently found. The circles

mark the model runs for which a freshwater cap forms in

TABLE 1. Summary ofmodel runs with key parameters: sill depth

H (m); relaxation constant G (W m22 C21); temperature anomaly of

inflowing waterT*; thermal forcingm/�; precipitationE (1028 m s21);

and freshwater forcing parameter g/�. Themodel-diagnosed quantities

are temperature anomaly of the convective water mass (T1 2 T; 8C);
salinity anomaly of the convective water mass (S1 2 S); and the

maximum meridional overturning strength at the sill W (106 m3 s21).

Those calculations with no value for the temperature and salinity

anomalies do not maintain deep convection in the basin interior.

RUN H G T* m/� E g/� T1 2 T S1 2 S W

1 1000 10 6.5 0.057 0.0 0.0 1.70 0.0 3.5

2 1000 10 6.5 0.057 22.0 20.08 1.91 0.10 3.5

3 1000 10 6.5 0.057 23.0 20.12 2.15 0.17 3.3

4 1000 10 6.5 0.057 23.5 20.14 2.26 0.22 3.2

5 1000 10 6.5 0.057 24.0 20.16 2.47 0.29 3.0

6 1000 10 6.5 0.057 25.0 20.20 2.5

7 1000 10 6.5 0.057 210.0 20.41 2.0

8 600 40 6.0 0.44 0.0 0.0 3.45 0.0 8.9

9 600 40 6.0 0.44 22.5 20.21 3.78 0.045 8.3

10 600 40 6.0 0.44 24.0 20.34 3.93 0.088 8.1

11 600 40 6.0 0.44 25.0 20.43 4.16 0.12 8.0

12 600 40 6.0 0.44 26.0 20.51 4.9

13 600 40 6.0 0.44 210.0 20.86 3.6

14 600 40 6.0 0.44 212.0 21.02 3.9

15 1000 4 6.8 0.022 0.0 0.0 1.45 0.0 1.4

16 1000 4 6.8 0.022 21.0 20.04 1.61 0.033 1.3

17 1000 4 6.8 0.022 22.0 20.07 1.84 0.073 1.2

18 1000 4 6.8 0.022 23.0 20.11 1.2

19 1000 4 6.8 0.022 25.0 20.19 1.1
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the interior. The transition is predicted quite well by the

theory, in particular its dependence on m/�. For m/� � 1

(weak thermal restoring or strong eddy fluxes from the

boundary), relatively weak precipitation can shut down

convection, whereas convection persists for stronger

values of precipitation when thermal restoring is strong.

Note that to the left of the curve the basic stratification

in the marginal sea is fundamentally different than it is

to the right of the curve. To the right of the curve, the

marginal sea consists of a weakly stratified, cold, and

fresh interior surrounded by a stratified, warm, and salty

cyclonic boundary current. To the left of the curve, the

interior has a cold and fresh thin cap overlying a weakly

stratified interior. There still exists the warm and salty

cyclonic boundary current. The deep interior is cold and

fresh, although not as cold or fresh as the surface layer.

This is at least partly due to the spinup process in the

model, during which time the initially warm interior

cools before the freshwater cap can develop. The haline

mode solutions from the theory would have a homoge-

neous cold and fresh interior that is lighter than the sur-

rounding boundary current, resulting in an anticyclonic

direction of flow around the marginal sea. Numerous at-

tempts were made to obtain this sense of circulation and

hydrography in the model, but the solution always went

to the cyclonic flow with a shallow freshwater cap in the

interior. This should not be interpreted as evidence that

the haline mode cannot be supported in the numerical

model, only that time stepping the model from (a rela-

tively small number of) initial conditions, with a restoring

of temperature and salinity near the southern boundary,

has not produced a haline mode.

The critical value of precipitation that is required to

shut down deep convection depends on several parameters

of the system. For example, both m and g depend on the

relative temperature difference between the ocean to

the south of the sill and the atmosphere over the mar-

ginal sea. A freshwater cap in the marginal sea can de-

velop if the value of T* sufficiently decreases. It is

somewhat counterintuitive that colder inflowing water

would inhibit deep convection, although it is consistent

with the notion that a warmer atmosphere, which also

leads to smaller T*, can lead to a shutdown of convec-

tion. Two additional calculations have been carried out

with parameters identical to run 2 in Table 1, except that

the temperature profile to which themodel is restored in

the southern 200 km of the domain was decreased by 38
and 48C. The temperature of the inflowing water was

thus decreased, resulting in values of T15 6.98 and 6.28C
(T*5 4.18 and 3.48C). This increasedm/� and, even more

so, g/� [see (9) and (10)]. The final state of the model

integration (convection or no convection) is indicated in

FIG. 5. Comparison between the theory (lines) and

nondimensional temperature and salinity anomalies

diagnosed from the eddy-resolving numerical model

(symbols): (a) m/�5 0.057; (b) m/�5 0.44; and (c) m/�5
0.022. Temperature is indicated by the asterisks and

solid lines, and salinity is indicated by the squares and

dashed lines. Thick lines are the stable thermal mode,

and thin lines are the unstable thermal mode. The

dotted line and the dashed–dotted line are the salinity

and temperature anomalies for the haline mode.
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Fig. 8 by the symbols along the solid line. The star at

m/� 5 0.057 and g/� 5 0.08 is the standard model run 2.

The state moves toward shutdown for T* 5 4.18C and

crosses the critical value of g/� for T* 5 3.48C. The
model does not support deep convection in this case,

consistent with the theory, even though precipitation has

not changed and the inflowing water is more dense. This

is because the density change between the boundary

current and the interior is reduced (Fig. 2c), which also

reduces the eddy fluxes from the boundary current into

the interior. Eddy fluxes are required to maintain deep

convection because this is the only way to get the high-

salinity water into the interior to balance the pre-

cipitation in the basin interior.

The influence of sill depth on the loss of deep con-

vection is demonstrated by two additional calculations

with sill depths of 450 and 200 m and other parameters

identical to run 2 (dashed–dotted line in Fig. 8). A re-

duction in sill depth decreases the strength of the in-

flowing boundary current via thermal wind [Eq. (4)] so

that the eddy flux of salt into the basin interior is also

decreased. This makes the basin more vulnerable to

a shutdown of deep convection because the supply of

salty water required to balance precipitation is reduced.

For a sill depth of 200 m, the critical value is crossed and

deep convection ceases.

A final sensitivity is examined in which the restoring

strength to atmospheric temperature is decreased to 4.8

and 3 W m22 C21 (dashed line). In this case, g/� re-

mains nearly constant but m/� decreases. For such weak

restoring, the interior of the basin remains relatively

warm and the density contrast between the boundary

current and the interior relatively small. As a result, the

lateral eddy fluxes from the boundary current into the

interior are weak and, at the weakest restoring strength,

there is insufficient flux of high-salinity water to balance

the precipitation. The model does not support deep

convection in this case.

Values of precipitation that slightly exceed the criti-

cal threshold can result in a shutdown of deep con-

vection with occasional episodes of overturning. The

standard model configuration with the 600-m sill depth

and G5 40 W m22 C21 was run for 200 yrwithE5263
1028 m s21 (run 12: the circle in Fig. 7 for m/� 5 0.44,

g/« 5 0.51). This is close to the theoretical prediction

of the magnitude of precipitation that will cause the

system to switch to the thermalmode.A time–depth plot

of the temperature and salinity in the basin interior is

shown in Fig. 9. Indeed, it is found that deep convection

is not maintained in the basin interior. A freshwater cap

with S’ 33 develops early in the integration. The surface

FIG. 6. (a) Density anomaly of the convective watermass. (b)Maximum strength of theMOC at the sill latitude for

the three sets of model calculations with different m/�. Asterisks are diagnosed from the numerical model, and stars

are predicted by the theory.

FIG. 7. The transition between the convective regime and the

nonconvective regime predicted by the theory (solid line). Param-

eter values to the left of the line cannot support deep convection.

Symbols indicate the final state of the numerical model, asterisks

indicate convection, and circles indicate a freshwater cap.
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temperature becomes very cold (essentially T*), but the

middepth warms steadily. However, even in the absence

of deep convection, the model maintains the same sense

of circulation, with warm, salty water being carried

northward into the marginal sea in an eastern boundary

current. This warm boundary current loses heat directly

to the atmosphere, resulting in dense water formation

and downwelling. It is this boundary current that also

supplies heat to the basin interior. Because the freshwater

is confined to the near surface, the bulk of the basin in-

terior remains colder and more dense than the inflowing

water in the boundary current. As a result, the boundary

current remains baroclinically unstable and continues to

shed eddies into the basin interior (Fig. 10). Because the

freshwater cap has shut down deep convection, the heat

remains isolated from the atmosphere. Figure 9 bears

some resemblance to the evolution of temperature and

salinity in the interior of theLabrador Sea during the years

of the Great Salinity Anomaly when deep convection was

shut down (Straneo 2006). In the model, the continued

eddy fluxes from the boundary eventually warm the

basin interior sufficiently that the deep water becomes

lighter than the fresh (and cold) surface layer and the

interior overturns, restarting deep convection. However,

the freshwater starts to accumulate at the surface once

again and the cycle restarts. Several of these capping–

flushing cycles occur over the 200-yr simulation (around

years 80, 120, and 170).

A time series of the meridional overturning strength,

the meridional heat transport at the sill latitude, and the

area of deepmixed layers (defined as exceeding 1000 m)

north of the sill are shown in Fig. 11. The flushing events

indicated in Fig. 9 are evident by periods of deep mixed

layers. Themeridional overturningmaintains its positive

sense throughout the 200-yr integration, with enhanced

strength during the time periods of deep convection.

However, even during the decades when there is no deep

convection, the MOC strength is still over 50% of its

maximum strength. The meridional heat transport is also

slightly enhanced during periods of deep convection but

maintains more than 50% of this maximum even when

there is no convection. The system remains in the thermal

mode even in the absence of deep convection because the

warm boundary current continues to lose heat, both di-

rectly to the atmosphere and through eddy fluxes into the

interior of the basin. The Ekman transport at the latitude

of the sill will result in a northward heat transport of

FIG. 8. The transition between the convective regime and the

nonconvective regime predicted by the theory (bold solid line) and

for several model calculations. The star is run 2 in Table 1; asterisks

indicate convection, and circles indicate a freshwater cap. Solid line

indicatesT*5 6.98 and 6.28C; dashed–dotted line indicatesH5 450

and 200 m; and dashed line indicates G 5 4.8 and 3 W m22 C21.

All other parameters are as for run 2.

FIG. 9. Time–depth plot of the (a) temperature and (b) salinity averaged over the central 200 km of the basin interior for precipitation

E 5 26 3 1028 m s21 with m/� 5 0.44 (run 12).
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approximately 6 3 1012 W, or about 10% of the total

meridional heat transport in the model, so it is concluded

that this is dominated by the geostrophic boundary cur-

rent and not the northward flow in the Ekman layer.

The relative changes in deep convection, heat trans-

port, and themeridional overturning circulation are shown

as a function of precipitation in Fig. 12 for all of the model

calculations in Table 1. Those calculations that result in

a shutdown of deep convection have been run out to at

least 50-yr integration time to make sure that no deep

convection develops. The precipitation level is normal-

ized by the theoretical prediction of the magnitude re-

quired to shut down deep convectionEc, as defined from

the theory where DS 5 0.5DT. The diagnosed quantity

plotted in each figure is normalized by its value in the

absence of precipitation. The area of deep convection

actually increases with increasing precipitation up until

the critical level is reached, at which point deep con-

vection is rapidly shut down (Fig. 12a). With increasing

precipitation, the density anomaly of the convective

waters decreases, and so the baroclinic transport of the

boundary current also decreases. This makes the

boundary current more stable, so fewer eddies are shed

into the interior. It is these eddies that are responsible

for restratification, so the weaker the eddy flux the larger

the area that is open to deep convection. Just before

shutdown, the area of deep convection is 50%–100%

larger than it is in the absence of precipitation.

The ocean circulation remains in a thermally direct

mode represented by the northward flow of warm water,

sinking at high latitudes, and southward flow of cold

water, even after deep convection has ceased. The strength

of the meridional overturning circulation decreases slowly

with increasing precipitation for values less than Ec.

There is a sharp drop once deep convection ceases and

then a continued weaker decrease for values of E . Ec.

The sense of the meridional overturning circulation re-

mains the same even when the precipitation is double

the value required to shut down deep convection.

The meridional heat flux shows even weaker de-

pendence on the value of precipitation. The heat flux

remains at 40%–80% of its value without precipitation

even at the strongest values of freshwater forcing. This

suggests that the atmosphere will be even less sensitive

to the shutdown of deep convection than might be im-

plied by the decrease in the meridional overturning

strength. This weaker sensitivity is because most of the

meridional heat transport at high latitudes is carried by

the horizontal gyre, not the overturning gyre (Fanning

and Weaver 1997; Pickart and Spall 2007).

The meridional density flux across the sill is shown in

Fig. 12d. For low values of precipitation, the density flux

is essentially the same as the heat flux. However, as

precipitation increases the density flux rapidly decreases

with nearly linear dependence on E/Ec. The sign of the

net density flux across the sill changes from light water

going into themarginal sea and denser water coming out

FIG. 10. Snapshot of (left) sea surface temperature and (right) mixed layer depth (defined as density anomaly 0.02 kg m23 relative to the

surface) for run 12.

FIG. 11. Time series of the meridional overturning strength [Sv

(1 Sv [ 106 m3 s21); solid]; meridional heat transport (1013 W;

dashed); and area of convection exceeding 1000-m depth (1011 m2;

dotted) for run 12.
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(positive) to dense water going in and light water coming

out (negative) for values of precipitation somewhat

greater thanEc. The heat flux remains northward even

as the outflowing water is lighter than the inflowing

water.

The ocean state with no deep convection is not the

same as Stommel’s haline mode. In the haline mode

both boxes are of uniformwater properties, while for the

no-convection state the marginal sea interior is strongly

stratified with cold freshwater on top and warm, salty

water below. The sense of the density exchange between

the interior and the boundary current is different for the

deep layer (eddies transport light water into the interior)

than it is for the surface layer (eddies transport densewater

into the interior). For very strong precipitation, the surface

density exchange overwhelms the deep density exchange

and the boundary current gets lighter within the basin.

5. Summary

The influences of precipitation on water mass trans-

formation and deep convection in marginal seas are

studied using an analytic model and an idealized eddy-

resolving ocean model. Two nondimensional numbers

are identified that represent the relative influences of

surface cooling, precipitation, and eddy fluxes on the

state of the ocean. Two stable regimes are predicted.

The thermal mode, analogous to the current circulation

in the North Atlantic, has deep convection in the mar-

ginal sea, downwelling, and northward heat transport

carried in a cyclonic boundary current. The second re-

gime is a haline mode in which deep convection is not

supported in the marginal sea and the circulation is in

the opposite sense, anticyclonic around the marginal sea

with a core of fresh and cold water in the interior. The

analytic equations are the same as derived for the classic

two-box models of the thermohaline circulation, al-

though heat and freshwater transport in the present

model are carried by eddy fluxes instead of the mean

flow. The properties of the thermal mode predicted by

the theory (temperature and salinity of the convective

water and strength of the meridional overturning cir-

culation) compare well with a series of eddy-resolving

numerical model calculations in which various model

FIG. 12. Quantities as a function of precipitation (scaled by Ec, the theoretical magnitude required to shut down

deep convection): (a) area of deep mixed layer depth (greater than 1000 m); (b) MOC; (c) meridional heat transport

across the sill; and (d)meridional buoyancy transport across the sill. In each case, the ordinate is scaled by its value for

no precipitation. Solid line is m/� 5 0.44; dashed line is m/� 5 0.057; and dashed–dotted line is m/� 5 0.022.
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parameters are varied. The level of precipitation re-

quired to shut down deep convection is also well pre-

dicted by the theory, including its dependence on such

parameters as the sill depth and the temperature of the

water south of the sill.

For values of precipitation that exceed the critical

value required to maintain deep convection, the nu-

merical model remains in a thermally direct circulation

(northward heat transport and downwelling at high lat-

itudes). The baroclinic shear in the boundary current

remains cyclonic in this regime because the light (fresh

and cold) water in the basin interior remains trapped near

the surface. The subsurface water is more dense than the

water to the south of the sill, supporting northward flow

of warm water along the eastern boundary and a north-

ward heat transport. It is possible that reverse circulations

characteristic of the haline mode could be supported by

the numerical model, although none were found here. It

was found that the heat transport is less sensitive to ex-

cessive precipitation than is the meridional overturning

circulation. This is because the heat transport at high

latitudes is carried primarily by the horizontal circulation

in the cyclonic boundary current, not the overturning

circulation (Fanning andWeaver 1997; Pickart and Spall

2007). The finding that the area of deep convection is

maximum for precipitation just below the critical level

further indicates that the extent of deep convection is not

a good indicator of the state of the meridional overturn-

ing circulation or its proximity to thermohaline collapse.

A decrease in the temperature of waters supplied to the

marginal sea from the south actually makes it more likely

that convection will cease, not less likely as might be as-

sumed because the inflowing water is more dense. This is

because it is the density contrast between the boundary

current and the interior that drives the lateral eddy fluxes

and supplies the salty water to the regions of deep

convection.
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APPENDIX

Numerical Model Configuration

The numerical model used in this study is the MIT

General CirculationModel (Marshall et al. 1997), which

solves the hydrostatic primitive equations on a uniform

Cartesian, staggered C grid with level vertical coordinates.

The model domain is 2000 km in meridional extent and

1000 km in zonal extent and has topography along the

perimeter that slopes linearly from 50 m down to the

bottomdepth of 2000 mwith a horizontal scale that varies

from 140 km over most of the basin to 20 km along the

northern boundary. There is also a sill, whose depth will

be varied, located at 1200-km latitude. The Coriolis pa-

rameter varies linearly with latitude as f5 f01 by, where

f0 5 1.2 3 1024 s21 and b 5 2 3 10211 m21 s21. The

horizontal resolution is 5 km and there are 30 levels in

the vertical, varying from 25 mnear the surface to 200 m

near the bottom.

The model is forced with a zonal wind stress as

t(x, y)5 t0 cos(py/Ly) . (A1)

All calculations are forced with a wind stress of maxi-

mum strength t05 0.15 N m22, which gives a maximum

Ekman upwelling velocity of approximately 15 cm day21,

close to the climatological mean in the interior of the

Nordic Seas and in the eastern NorthAtlantic south of the

sill (Furevik and Nilsen 2005). Spall (2011) found that the

basic characteristics of the water mass transformation in

themarginal seawere not sensitive to the presence ofwind

forcing, so the wind strength has not been varied here.

The surface heat flux in the modelQ* is calculated by

restoring the upper-level temperature T toward a pre-

scribed atmospheric temperatureTA asQ*5 (T2 TA)G.
The salinity of the uppermodel level everywhere north of

the sill is changed by an amount equivalent to a freshwa-

ter flux of E. Because there is no actual flux of freshwater

into the model ocean through the sea surface, this

boundary conditions is referred to as a virtual salt flux.

The temperature in the southernmost 200 km is also

restored toward a profile with uniform vertical stratifi-

cation ofN25 (g/r0)›r/›z5 23 1026 s22 and an upper-

level temperature of 108C with a time scale of 20 days

(south of the bold dashed line inFig. 3). Salinity is restored

toward a uniform value of 35 within this region. This gives

a first baroclinic deformation radius, based on the full

ocean depth, of Ld 5NH/f0 5 20 km. This restoring is

intended to represent the thermodynamic processes

that maintain the stratification at low latitudes and as-

sumes that whatever energy required to do so is available.

The model incorporates second-order vertical vis-

cosity and diffusivity with coefficients of 1025 m2 s21.

The vertical diffusion is increased to 1000 m2 s21 for

statically unstable conditions in order to represent ver-

tical convection. Horizontal viscosity is parameterized as

a second-order operator with the coefficient Ah deter-

mined by a Smagorinsky closure asAh5 (ns/p)
2D2[(ux2

yy)
2 1 (uy 1 yx)

2]1/2, where ys 5 2.5 is a nondimensional

coefficient, D is the grid spacing, and u and y are the
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horizontal velocities (subscripts indicate partial differ-

entiation). Temperature and salinity are advected with a

third-order direct space–time flux limiting scheme

(MITgcm tracer advection option 33; http://mitgcm.org).

There is no explicit horizontal diffusion of temperature or

salinity. Density is linearly related to temperature and sa-

linity as r5 r01 aSS2 aTT, whereaT5 0.2 kg m23 8C21

is the thermal expansion coefficient and aS 5 0.8 kg m23

is the haline expansion coefficient.
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