


ABSTRACT

Controls on magma supply from depth at Kı̄lauea Volcano, Hawai‘i

by

Austin P. Blaser

Volcanic activity at Kı̄lauea volcano, Hawai‘i, Earth’s most active volcano, is

thought to be the consequence of more or less continuous flow of magma from the

asthenospheric melting region through an essentially open lithospheric pathway

to a magma storage system located at a depth of a few kilometers beneath the vol-

cano’s summit. The rate of magma supply from depth to the Kı̄lauea’s summit is,

however, not constant through time. For example, during the current Pu‘u ‘Ō‘ō-

Kupaianaha eruption (1983-present), a surge in supply occurred between 2003-

2007. This surge was accompanied by summit inflation, increased CO2 and SO2

emissions, and ultimately led to dike intrusion, explosive activity, as well as in-

creased rates in the volume of erupted magma. It has been suggested that a surge

in magma supply may be the result of an increase in volatile content of the melt or,

alternatively, a change in the magma pressure conditions at depth, perhaps due to

some intermittent increase in permeability of the melting region. I use a numeri-

cal model of two-phase (gas-melt) magma flow through an idealized lithospheric

magma pathway to explore the role of volatile content, pathway geometry, and

magma pressure on the rate of magma supply to Kı̄lauea’s summit magma storage

system. My results suggest that volatiles have a limited role in increasing supply

rate. Instead, changes in magma pressure at depth, of the order of 105 Pa, suf-



iii

fice to produce two-fold changes in magma supply rate. Moreover, because of the

coupling between magma pressure within the lithospheric plumbing system and

resultant deformation of the surrounding rock, it is feasible that magma pressure

at depth is dynamically decoupled from changes in magma pressure of the sum-

mit storage system, caused by short- or long-term changes in eruptive or intrusive

activity. In other words, whereas magma supply and overall activity at Kı̄lauea

seem to be controlled from the bottom up, the details of Kı̄lauea’s volcanic activity

are modulated by shallow processes that seem unlikely to affect the deeper magma

supply and transport system.
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depth ratio ẑ for each set of boundary conditions, dikes no longer

change width. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 24

1.8 Figure displaying the relationship of equilibrium (db̂/dẑ = 0)
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Chapter 1

Controls on magma supply from depth at Kı̄lauea
Volcano, Hawai‘i

1.1 Introduction

1.1.1 Objective

Kı̄lauea volcano, Hawai‘i, is the most active volcano on Earth (Figure 1.1). Over

the last century, it has had several periods of eruptive activity (e.g., Klein, 1982;

Poland et al., 2014). The most recent of these, the Pu‘u ‘Ō‘ō-Kupaianaha eruption,

began in 1983 and continues to the present (2016).

Persistent gas emissions, in particular CO2 and SO2 (Elias and Sutton, 2007, 2012;

Poland et al., 2012), near continuous eruptive activity over decades, as well as cor-

relation between deep seismicity and volcanic activity suggest an open magma

pathway between asthenospheric melt source and the surface (Wright and Klein,

2014). This is also consistent with geochemical data that allow mantle-derived

compositional variation in erupted lavas to be resolved down to time scales of

years (Pietruszka et al., 2001; Reiners, 2002; Greene et al., 2013).

Individual eruptive episodes seem largely controlled by processes within the

upper few kilometers below the surface, such as magma and/or gas accumulation

within shallow storage reservoirs (e.g., Wilson and Head, 1988; Cervelli and Miklius,
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2003; Poland et al., 2009), changes in the flow capacity of magma pathways (Miklius

and Cervelli, 2003), as well as diking events (e.g., Poland et al., 2009; Montgomery-

Brown, 2010). But what causes significant changes in eruptive and intrusive activity

at Kı̄lauea over timescales of years?

Suggested mechanisms include time-dependent melt production rates of the

mantle source (Pietruszka et al., 2015), as well as variability in the volatile content

of the primary mantle-derived melt (Sides et al., 2014). The objective of the work

presented herein is to test these hypotheses by assessing the fundamental condi-

tions of lithospheric magma transport at different, but constant, rates of magma

supply to Kı̄lauea volcano, using a numerical model to simulate upward flow of

magma.

1.2 Overview of Kı̄lauea’s magmatic system

1.2.1 Kı̄lauea’s plumbing system

The source of Kı̄lauea’s magma is thought to be a region of partial asthenospheric

melting within anomalously hot, buoyantly upwelling mantle (e.g., Morgan, 1971;

Frey and Rhodes, 1993; DePaolo and Stolper, 1996; Wolfe et al., 2009; Cao et al., 2011;

Rychert et al., 2013). Due to the density difference between melt and residual man-

tle, compaction of the partially molten asthenosphere is thought to result in up-

ward flow of melt toward the lithospheric plumbing systems of the overlying ac-

tive Hawaiian volcanoes, that is Mauna Loa, Kı̄lauea and Loih‘i (Eaton and Murata,

1960; McKenzie, 1984; Scott and Stevenson, 1984; Tilling and Dvorak, 1993; Maaløe,
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1998, 1999) (see Figure 1.2). Although this compaction-driven asthenospheric melt

flow has generally been treated as Darcian (Sleep, 1974; Turcotte and Ahern, 1978;

Maaløe and Hansen, 1982; McKenzie, 1984; Scott and Stevenson, 1986; Ribe and Smooke,

1987; Spiegelman and Elliott, 1993), it is likely that such permeable flow is not only

at the grain scale, but also involves flow through veins that may evolve over time

due to deformation (Maaløe, 2003, 2005; Katz et al., 2006; Holtzman et al., 2003; Holtz-

man and Kohlstedt, 2007), perhaps resulting in spatiotemporal variations in effective

permeability.

Ultimately, the melt must be focused into a lithospheric feeder system (Eaton

and Murata, 1960; Tilling and Dvorak, 1993; Maaløe, 1998, 1999; Wright and Klein,

2006), which appears to remain open for decades in order to supply magma to

Kı̄lauea’s summit during periods of prolonged activity, such as the Pu‘u ‘Ō‘ō-

Kupaianaha eruption (1983 - present).

Kı̄lauea’s summit storage is comprised of several geodetically distinct infla-

tion/deflation regions, thought to represent regions of primary magma storage,

that appear to be dynamically interconnected. One such region is located beneath

the southern part of Kı̄lauea caldera, at a depth of approximately 3 km. It is called

the South Caldera Reservoir and has a volume of 3 to 20 km3 (Poland et al., 2014;

Wright and Klein, 2014). A smaller deformation source is located at approximately

1-2 km beneath the east margin of Halema‘uma‘u crater. It has a volume 0.2-1.2

km3 and is called the Halema‘uma‘u reservoir. A third geodetically discernible de-

formation source and is located at a depth of 2.0-4.9 km near Keanakāko‘i Crater.
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Over the past decades all magma entering from below into Kı̄lauea’s summit

storage system either resides within parts of this storage system for some time

or flows laterally into the East Rift Zone (denoted ERZ hereafter). Most of the

magma entering the ERZ erupts, and during the past decades the primary lo-

cus of eruptive activity has been at the Pu‘u ‘Ō‘ō vent, located in the ERZ ap-

proximately 15 km from Kı̄lauea’s summit. Although the ERZ represents an ex-

tensional lineament that terminates Kı̄lauea’s south flank, which is sliding sea-

ward along a décollement associated with the interface between ocean floor and

Kı̄lauea’s volcanic edifice (Cayol et al., 2000; Thornber et al., 2003; Wright and Klein,

2008; Montgomery-Brown et al., 2009; Montgomery-Brown, 2010; Montgomery-Brown

et al., 2011), it also is a sub-horizontal magma pathway, thought to have initiated

as a dike intruding at the level of magma neutral buoyancy (e.g., Eaton and Mu-

rata, 1960; Zucca et al., 1982; Ryan, 1987; Lister and Kerr, 1991; Head and Wilson, 1992;

Walker, 1992; Ryan, 1993; Borgia, 1994; Delaney et al., 1998; Morgan et al., 2003). The

hydraulic connection between Kı̄lauea’s summit and the ERZ is complex, with

erupted magmas passing through different parts of the summit magma storage

system (Garcia et al., 1996, 1998, 2000, 2003; Thornber et al., 2003; Marske et al., 2008;

Greene et al., 2013); however, there appears to be a strong connection to the South

Caldera Reservoir.
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1.2.2 Estimated magma supply rates

The mantle-derived magma supply to Kı̄lauea’s summit magma storage system is

thus balanced by magma storage within the summit and rift zones, dike intrusion

and magma eruption (Delaney and McTigue, 1994; Denlinger, 1997; Cayol et al., 2000;

Poland et al., 2014; Wright and Klein, 2014). Magma supply rate estimates for the

past century range between approximately 0.02 and 0.4 km3 yr�1 (Poland et al.,

2014; Wright and Klein, 2014), with approximately 0.18 km3 yr�1 during the two

decades prior to 2003 (see Figure 1.3).

1.2.3 The 2003-07 magma supply ‘surge’

Major changes in activity at Kı̄lauea, and variations in the composition of erupted

lavas, have been attributed to variations in magma supply. For example, it has

been suggested that eruptive activity at Kı̄lauea’s summit may be associated with

periods of low supply, whereas sustained rift eruptions are favored when supply

rates are high (Dvorak and Dzurisin, 1993; Wright and Klein, 2014). A more recent,

well-documented episode of change in Kı̄lauea’s magma supply occurred in 2003-

2007, referred to as the 2003-07 magma supply surge (Poland et al., 2012). Beginning in

mid-2002, nearly two decades of slow deflation of Kı̄lauea’s summit ended as the

summit began to inflate. After accelerating in 2005, an inflationary trend continued

through most of June 2007, resulting in nearly 0.3 m of vertical uplift. Finally in

mid-June 2007, deflation commenced as dikes intruded into the ERZ leading to

a fissure eruption and formation of a new long-term eruptive vent about 2 km
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down-rift of Pu‘u ‘Ō‘ō (Poland et al., 2008, 2009; Montgomery-Brown, 2010; Poland

et al., 2012).

In general, inflation at Kı̄lauea’s summit is thought to be the result of a higher

magma supply arriving from depth than is flowing into the ERZ and/or erupting.

Likewise, summit deflation occurs when supply from depth is less than the out-

flow, meaning that there is a net loss of summit-stored magma due to flow into

the ERZ. During the 2003-07 surge, eruptive activity along the ERZ showed no

change until 2005, when SO2 emissions at Pu‘u ‘Ō‘ō nearly doubled, presumably

indicating an increase in eruption rate (Elias and Sutton, 2007) and, hence, increased

magma flow from summit to ERZ. Continued inflation of Kı̄lauea’s summit dur-

ing 2005-2007 likely indicates that supply continued to outpace magma flow from

summit into the ERZ. The resultant stress build-up due to the imbalance between

supply and outflow was eventually relieved by the 17-19 June, 2007 dike intru-

sion between the summit and Pu‘u ‘Ō‘ō and subsequent activity further down-rift,

resulting in summit deflation (Poland et al., 2008, 2009; Montgomery-Brown, 2010;

Poland et al., 2012).

The 2003-07 magma surge was accompanied by an increase in summit CO2

emissions (see Figure 1.4, Elias and Sutton, 2007; Hager et al., 2008; Poland et al.,

2012; Elias and Sutton, 2012), interpreted to reflect an increase in magma supply.

The CO2 content of Kı̄lauea’s parental melts is estimated to be approximately 0.7

wt.% (Gerlach, 1986; Gerlach et al., 2002; Harris and Anderson, 1983; Garcia et al., 1989;

Dixon et al., 1991; Anderson and Brown, 1993; Wallace and Anderson Jr., 1998; Dixon
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and Clague, 2001; Hauri, 2002; Edmonds et al., 2013; Sides et al., 2014). Similarly, H2O

contents of Kı̄lauea’s parental melts are constrained by melt inclusions and sub-

marine glasses to be approximately 0.7 wt.% or greater (Dixon et al., 1991; Hauri,

2002; Wallace and Anderson Jr., 1998; Clague et al., 1991; Ferguson et al., in prepara-

tion). Because Kı̄lauea’s magmas become saturated in CO2 at depths of about 30-40

km, most of the CO2 is expected to have exsolved from the magma by the time it

enters Kı̄lauea’s summit storage system. Because the bubbles that contain the ex-

solved CO2-rich vapor are buoyant, it is thought that most of Kı̄lauea’s CO2 does

not enter the ERZ, but instead escapes to the surface from Kı̄lauea’s summit stor-

age system. Consequently, assuming approximately constant volatile content of

Kı̄lauea’s parental melts, the CO2 emission rate at Kı̄lauea’s summit is considered

to be a proxy for deep magma supply rate (Gerlach et al., 2002; Hager et al., 2008).

1.3 Conceptual model

1.3.1 Observational constraints on magma supply

Figure 1.3 displays the estimated supply since 1920 through the magma surge in

question. Magma supply rate is based on CO2 summit emissions (Poland et al.,

2012) and GPS measurements of oceanward dilation of the ERZ (Wright and Klein,

2014). This provides a pre-surge flow rate of 0.18 km3 yr�1. CO2 emissions at the

summit suggest a doubling or more from ⇡ 8,000 kilotonnes per day to upwards of

20,000 or more, as illustrated in Figure 1.4. Assuming an approximately constant

CO2 content of the parental melt, and likely decoupling of exsolved CO2 from the
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melt beneath Kı̄lauea’s summit, this implies a more than doubling of melt supply.

1.3.2 Model rationale

The purpose of the model is to assess the relationship between magma flow rate,

magma pressure, and volatile content of the parental melt, during steady magma

ascent to Kı̄lauea’s summit. The model described herein makes judicious simpli-

fications in order to provide a relatively simple and insightful representation of

a likely far more complex natural system. For example, it neglects the potential

presence of deep storage reservoirs, perhaps near the Moho (Richards et al., 2013;

Pietruszka et al., 2015), but for which there is no conclusive evidence. Rather, the

intent is an economic representation of essential physical aspects, in order to illu-

minate the conditions that may contribute to changes in the rate of magma supply,

under the constraints of clearly defined assumptions and frugal use of parameters.

It is thought that the deep (lithospheric) magma transport system beneath Kı̄lauea

is some sort of continuously open pathway over decades or longer time periods.

One possibility would be some sort of meter-size or larger conduit. This would

imply sufficiently low magma ascent velocities and negligibly small viscous pres-

sure losses, and changes in magma pressure with depth would be approximately

magma static. Estimates of magma pressure within Kı̄lauea’s shallow storage sys-

tem indicate at best pressures of about 10 MPa above lithostatic (Poland et al., 2009;

Baker and Amelung, 2012; Anderson et al., 2015). Consequently, magma pressure

at larger depths would be sub-lithostatic by about 100 MPa, neglecting the pres-
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ence of olivine crystals suspended in the ascending melt (see Appendix 2.1). A

plausible scenario for such a system would probably require thermal equilibrium

between magma and wall rock, so that there is a balance between thermal erosion

and freezing (Bruce and Huppert, 1990). In this case, conduit size would not signif-

icantly change in response to changes in magma pressure, except over long time

scales due to creep, resulting in a reduction in conduit size until closure or until

magma and lithostatic pressure are balanced.

The latter would correspond to a more constricted pathway with the ratio of

magma-rock contact area to cross-sectional area sufficiently large to allow for non-

negligible viscous pressure losses, such that magma and lithostatic pressure are

approximately balanced. One example of such a pathway could be an elastically

deformable dike. Neglecting the possibility of viscous relaxation of the surround-

ing rock or thermal erosion, dike width would then be dependent on the difference

between magma and lithostatic pressure, thereby allowing for dynamical feed-

backs. This is the model considered herein. Other models or complications are

feasible, but are outside the scope of this work.

1.3.3 Essence of the model

The magmatic system at Kı̄lauea can be conceptually divided into a melting zone,

lithospheric pathway, summit storage, and ERZ. Based on this conceptual model,

an isothermal model of steady two-phase flow (melt and vapor phase) is consid-

ered. Melt first enters the lithospheric pathway with pressure P

b

and ascends
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through a dike with pressure dependent width. Vapor bubbles grow once the

magma pressure becomes sufficiently low to where CO2-H2O saturation is reached.

The magma pressure at the summit reservoir is P

t

. Magma static and frictional

pressure losses at a given flow rate Q equal the difference in pressure P

b

� P

t

(Fig-

ure 1.5). Magma exits the lithospheric pathway and may interact with summit

reservoir(s), be stored in the ERZ, or erupt at Pu‘u ‘Ō‘ō.

1.4 Numerical model

1.4.1 Governing equations

Magma ascends from the melt zone beginning at the lithosphere-asthenosphere

boundary (a depth of approximately 50 km (Christensen and Salisbury, 1975; Got

et al., 2008; Schmerr, 2012)), crossing the Moho between 18-19 km depth (Leahy and

Collins, 2010; Rychert et al., 2013), and finally reaching the deepest identified storage

region at around 3.5 - 4 km depth (Figure 1.5; Baker and Amelung, 2012; Poland et al.,

2009, 2014). I assume magma flow within a dike-like conduit throughout. The

dependent variable of interest are magma pressure, P , the average magma ascent

velocity, u, and dike width, b. The governing equations for these variables are

derived from mass and momentum balance, as well as an equation that relates

dike width to magma and lithostatic pressures. In addition, I account for buoyant

rise of the magmatic vapor phase (bubbles) using a drift flux formulation, which

yields an expression for the volume fraction of vapor, �.

For a dike surrounded by elastically deforming rock, its width is a function of
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magma pressure, relative to lithostatic pressure, and the shear modulus of the sur-

rounding rock (Bokhove et al., 2005; Woods et al., 2006; Costa et al., 2007; Gonnermann

and Taisne, 2015). Thus, dike width, b, is defined as (Bokhove et al., 2005)

b = �(P � P

l

). (1.1)

Here � = (1 � ⌫)a/G, ⌫ is Poisson’s ratio, a is the length of the dike perpen-

dicular to its width, G is the shear modulus of the country rock, P and P

l

are

magma static and lithostatic pressures, and  is a factor that represents the degree

of anisotropy of stress orientation present in the lithosphere, (ratio of horizontal to

vertical stress). I use  ⇡ 1, to simulate isotropic lithostatic stress. Equation 1.1

holds for dikes with a high aspect ratio b : a (1:100 or 1:1000). At realistic volu-

metric flow rates Q [m3/yr], the flow will be laminar. Viscous pressure losses scale

inversely with the width of the dike and linearly with magma velocity (Bokhove

et al., 2005). Magma density is given as ⇢ = (1 � �)⇢
m

+ (�)⇢
v

, where � is the vol-

ume fraction of exsolved vapor at the given depth, ⇢

m

is the melt density, and ⇢

v

is

the vapor density at the same depth (Flowers, 1979). Magma pressure, P , changes

as

dP

dz

= ⇢g +
�µu

b

2
, (1.2)

where µ is the melt viscosity and based on the model of Hui and Zhang (2007), b is

the dike width, u is the mixture velocity, and shape factor � = 12 corresponds to

flow between two parallel plates.

The value of � is calculated from a drift flux formulation (Todreas and Kazimi,
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1989), given by

1

�

= C

o


1 +

(1 � x)

x

⇢

v

⇢

m

�
+

⇢

v

V

vj

xM

. (1.3)

Here C

o

is a constant relating the spatial distribution of the disperse phase (C
o

=

1 represents an equal distribution of bubbles from the conduit edge to its center

(i.e. bubbles don’t clump along the wall or center)), x is the flow quality (ratio of

vapor mass flux to total (melt + vapor) mass flux), M is mass flux of the mixture,

and V

vj

is the drift velocity of the gas phase relative to the melt phase, given as

V

vj

= (1 � �)n

V1, 0 < n < 3. V1 is the terminal velocity of a single bubble rising

in an infinite liquid (Stoke’s velocity). The system contains bubbles < 0.5 cm in

diameter, so n = 3 and

V1 =
(⇢

m

� ⇢

g

)d2

18µ
. (1.4)

For flows with larger bubbles, corresponding values of n and expressions for V1

are defined in Table 11-2 of Todreas and Kazimi (1989), reproduced partly in Ap-

pendix Table 2.6.

An equation for the change in dike width (Equation 1.6) is obtained from com-

bining the spatial derivative of Equation 1.1 with Equation 1.2. Lastly, I use conser-

vation of mass of melt plus CO2 and H2O to derive an equation for the change in

mixture (melt plus bubbles) velocity, u. The resultant system of ordinary differen-

tial equations is similar to Equations 2.1 a-b of Bokhove et al. (2005), with the added

detail of non-constant magma density due to volatile exsolution and velocity dif-

ference between melt and vapor, as well as modified so that a positive increase in
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z reflects a deepening from the surface. They are given by

dP

dz

= �⇢g � �µu

b

2
, (1.5)

db

dz

= �

dP

dz

� �⇢

r

g, (1.6)

du

dz

= � 1

⇢b


u⇢

db

dz

+ ub

d⇢

c

dz

�
. (1.7)

It is important to note that the density, ⇢

c

, in the last term of Equation 1.7 is

based on a gas fraction, �, of a closed system (equilibrium solubility) degassing

path, instead of a gas fraction calculated using drift flux. Thus, ⇢

c

is an approxima-

tion of the mixture density, ⇢. Such an approximation is advantageous because ⇢

c

is only a function of pressure and volatile content, meaning it can be precomputed

and then called by the solver, independent of the evolution of �. For justification

of this approximation and a numerical expression for d⇢

c

/dz, the reader is directed

to Appendix 2.2. I employ this approximation only when calculating the spatial

derivative of density in Equation 1.7.

1.4.2 Initial values

Equations 1.5, 1.6, and 1.7 pose an initial value problem with initial conditions

specified at depth z = z

t

= 3.5, the depth of the deepest summit storage reservoir,

and integrated from there to depth z = z

b

, which represents the depth of the base

of the lithosphere (LAB). The initial values thus represent magma pressure, P

t

and

dike width, b

t

. In addition the magma flow rate, Q, is specified. The value of b

t

is

determined from P

t

as

b

t

= �P

t

� � · P
l,t

, (1.8)
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where P

l,t

is the lithostatic pressure at z

t

. Finally, magma velocity is defined as

u

t

= Q/⇢ab

t

. Various scenarios can be explored by changing magma pressure P

t

,

flow rate Q, or both. Additionally, the volatile content dissolved in the primary

melt can be varied, which will affect magma density.

1.4.3 Outflow and Storage

Of the three main summit reservoirs, it is thought that magma supplying the ERZ

first passes through the deepest reservoir at 3-4 km depth (Baker and Amelung,

2012; Poland et al., 2014). Thus, summit inflation or deflation likely represents

the balance of inflow from depth and outflow to the ERZ that is modulated by

the magma transport capacity of the ERZ. Consequently, when supply from depth

increases, magma accumulation in the summit reservoir system invariably also in-

creases reservoir pressure, P

t

, thereby causing inflation. Although not modeled, it

should be noted that events such as dike propagation, seaward dilation of the ERZ,

and increased eruptive activity at Pu‘u ‘Ō‘ō-Kupaianaha are all possible manifes-

tations of the ERZ adjusting to an increase in supply. Such changes may tap stored

summit magmas, causing a deflation of the summit.

1.4.4 Volatiles

The primary melt contains dissolved CO2 and H2O, which saturate at a pressure

some distance above the base of the lithosphere. The mass fraction of exsolved

vapor, a CO2-H2O supercritical fluid mixture, is based on the solubility model of
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Dixon (1997), assuming equilibrium conditions at any given depth or pressure.

Figure 1.6 shows CO2 and H2O solubility as a function of pressure, as well as the

density of a magma (melt + vapor) under equilibrium, closed-system, static (no

flow) conditions. The vapor phase is modeled as a non-ideal supercritical fluid

(Flowers, 1979)(see Appendix 2.3).

Vapor and melt flow are modeled as decoupled and dependent on bubble size

and number density, following a two-phase mixture formulation (e.g., Todreas and

Kazimi, 1989) where the relative ascent velocity between vapor bubbles and the

melt is calculated using a drift-flux formulation where ascent velocity of bubbles

will be larger than melt velocity and depends on the bubble size and gas volume

fraction. Consequently, volume fraction of gas and, hence, magma density can

vary with pressure, flow rate and dike width. Magma density is also affected by

pressure and concentration of dissolved volatiles (Lange, 1994, see also Appendix

2.4). Although there may be olivine crystallization adding a third phase to the

system, it is not considered in this model (Appendix 2.1).

1.4.5 Lithostatic stress

Dike width depends on the difference between magma pressure and lithostatic

stress, which is assumed to be non-deviatoric. The latter depends on lithospheric

density, as illustrated in Figure 1.6. Below 20 km density is assumed to be ⇡ 3200

kg/m3, which represents the lithospheric mantle. The abrupt change in density at

a depth of 20 km represents a compositional change to basaltic crust, defining the
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Moho. Finally, the gradual decrease in density above 20 km represents layering

of intrusive rocks with surface flows as the volcano grew, as well as increasing

porosity of rocks that make up the volcanic edifice.

1.5 Results

This section first discusses a non-dimensional analysis of the governing equations,

and then an application of the dimensional model to Kı̄lauea.

1.5.1 Non-dimensional analysis

Full details of the non-dimensionalization are included in Appendix 2.5. In con-

trast to the dimensional case, a melt of constant density and with no separate vapor

phase is considered. Both length scales are normalized by an initial dike width, b

t

;

thus, dike width b becomes b̂ = b/b

t

, and depth z is recast as ẑ = z/b

t

. The initial

condition is dike width b

t

and flow rate Q is specified. The governing equations

are integrated from ẑ = 0 downward. Note that b

t

= ��P

t

, which ties the dike

width to the overpressure in the conduit. Thus, the system of equations is given

by

db̂

dẑ

= �
"
A � B

û

(b̂)2

#
, (1.9)

dû

dẑ

= � û

b̂

db̂

dẑ

, (1.10)

where A and B are constants that depend on the boundary conditions b

t

and Q,

and other parameters.
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Solutions for a range of initial conditions are illustrated in Figure 1.7. Dikes

width either increases or decreases with depth; however, all dikes eventually reach

a depth where width no longer changes, referred to herein as the decoupling depth

and represents the depth to which pressure changes within the summit reservoir

system will affect dike width.

I write an expression for this condition in terms of b̂ = b̂eq by solving Equation

1.9 for db̂/dẑ = 0:

A = �B

û

eq

(b̂
eq

)2
= � B

(b̂
eq

)3

b̂eq =
3

r
�B

A

= 3

s

� Q�µ

g�⇢a(b
t

)3
. (1.11)

The depth at which b̂eq is first reached, denoted as ẑeq, is shown in Figure 1.8

as a function of b̂eq. The factor that most significantly impacts b̂

eq

is b

t

. If dimen-

sionalized using values for Kı̄lauea, and assuming cases where ẑ

eq

= either 1000 or

2000, dike widths of 0.1 to 10 m would yield decoupling depths of 100 m and 20

km, respectively. This implies that a range of surface conditions would only affect

dike width down to a maximum depth of ⇡ 20 km.

1.5.2 Dimensional model, with application to Kı̄lauea

First, I apply the model to Kı̄lauea’s activity prior to the surge, and then explore

scenarios that would apply during a doubling of the supply rate from depth, in-

cluding the role of dissolved volatile content in the primary melt.
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Reference case

Pre-2003 conditions are defined as an average of 0.18 km3 yr�1 (⇡ 5.7 m3/s) of

magma arriving from depth that supplies summit chambers, dilation of the ERZ,

and the eruption at Pu‘u ‘Ō‘ō (Figure 1.3), corresponding to a summit CO2 emis-

sion rate of 8-10 kilotonnes per day (Figure 1.4). The primary melt contains 0.7

wt% CO2 and 0.68 wt% H2O. Using this flow rate, a dike length of 500 m, and an

overpressure of 5 MPa (magma pressure of 5 MPa in excess of lithostatic at that

depth), the solution yields a dike that narrows with depth (Figure 1.9) for nearly

10 km below the summit chamber and narrows again when crossing the Moho.

Gas fraction � remains less than 0.015, and magma velocity is less than 0.18 m/s,

slowing where the dike widens. There is a depth at which the dike seems to sta-

bilize in width, similar to what is found in the non-dimensional case. To evaluate

the surge condition, I explore changes in pressure and in volatile content in the

primary dissolved melt.

Change in bottom pressure

To assess the basal pressure required to sustain a given flow rate, models for a

range of flow rates are shown in Figure 1.10. Interestingly, doubling of the flow

rate requires less than 0.1 MPa increase in bottom overpressure (magma pressure

in excess of lithostatic at that depth). Figure 1.11 shows the corresponding dike

width as a function depth. Despite different summit pressures, b

t

, dike widths

converge to a near constant value with only slight differences in P

b

. For most
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scenarios, dikes converge above the Moho, but at increases in P

t

of > 10 MPa

relative to the pre-surge case, the dike converges at or just below the Moho due to

the significant change in lithospheric density.

Changes in volatiles

When the volatile content of the melt is changed the pre-surge flow rate yields a

different �P

b

, due to the modified density of the magma. To account for this dif-

ference, flow rate is adjusted until the solution yields the same �P

b

predicted for

the reference case. For this constant value of �P

b

, the effect of changing the CO2

(and H2O) content of the parental melt is examined (Figure 1.12). As expected, pre-

dicted flow rates increase more when both CO2 and H2O are changed, as opposed

to CO2 only. In either case, however, doubling the amount of volatiles produces

only a modest increase in magma supply despite presumably doubling summit

CO2 emission rates.

1.6 Conclusion

This study explored fluid-dynamic controls on the supply to Kı̄lauea volcano by

modeling the flow of magma from depth to the surface within a dike with pressure-

dependent width. It is found that the elastic response of the wall rock essentially

decouples the summit chamber from the pressure state at depth. If an elastically

deformable dike is a realistic approximation for Kı̄lauea, it seems unlikely that

changes in summit activity or conditions will affect deep magma supply. Conse-
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quently, observed changes in magma supply to Kı̄lauea would be best explained

by small changes in deep magma pressure, perhaps due to transient changes in

effective permeability of the melting and/or melt accumulation zone at the base

of the lithospheric magma pathway. Last but not least, changes in the volatile

content of the melt supplied to Kı̄lauea is unlikely to significantly affect magma

supply rate.
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Figure 1.1 : Shaded-relief map showing the southern half of the island of Hawai‘i
along with notable features of the volcanic system, including the East Rift Zone
(ERZ). Inset map was generated using GMT Plotting Tools.
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Figure 1.3 : Magma supply rates from Wright and Klein (2014). These rates are
estimated by the eruptive and intruded volumes over specific time scales. Supply
increased from 1960-1995, but not as dramatically as the 2003-2007 magma surge.
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Figure 1.4 : Figure showing the measured CO2 emissions at Kı̄lauea’s summit
(Poland et al., 2012). Before the end of 2003, CO2 emissions remained relatively
steady at approximately 8,000 tonnes per day. By 2005, however, emissions in-
creased to nearly 20-30 kilotonnes per day. Emissions began to fall and by 2011
had returned to their pre-surge levels. Black trend lines represent a least squares
best fit through the data.
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Figure 1.5 : Conceptual model. Melt generated in the asthenospheric melt zone
begins to ascend within a dike-shaped conduit, with pressure, P

b

. Vapor-filled
bubbles form once the ascending melt reaches a pressure where CO2 saturates. As
the magma continues to rise, more CO2 exsolves and the bubbles grow, becom-
ing more buoyant and rising faster than the host melt. A drift-flux formulation
accounts for the differential velocity between the vapor and melt. Finally, magma
exits the lithospheric pathway with pressure P

t

and flow rate Q, where it may in-
teract with summit reservoir(s) or enter the East Rift Zone (ERZ). The aperture of
the dike depends on the overpressure in magma and thus is variable with depth.
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Figure 1.6 : Plot of CO2-H2O solubility (Dixon, 1997), bulk magma density (Lange,
1994) under static closed-system conditions, and lithostatic density as functions of
depth. For the depths considered in this model, CO2 is the dominant component
of the vapor phase.
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t

, as a function of non-
dimensional depth, ẑ = z/b

t

, for a range of overpressures in a magma chamber
(ẑ = 0). Shown here is one dike that widens with depth, and several others that
narrow with depth. At a unique depth ratio ẑ for each set of boundary conditions,
dikes no longer change width.
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Figure 1.8 : Figure displaying the relationship of equilibrium (db̂/dẑ = 0) values
of b̂ and its corresponding depth ratio, ẑ. Interestingly, two distinct regimes exist:
dikes that widen with depth and those that narrow with depth.
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Figure 1.9 : Various parameters of a pre-surge reference case where Q = 0.18
km3/yr and �P

t

= 5 MPa, and a primary melt containing 0.7 wt% CO2 and 0.68
wt% H2O.
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Figure 1.10 : Predicted supply to Kı̄lauea volcano for a range of overpressures
(magma pressure in excess of lithostatic) at the base of the lithosphere (�P

b

).
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Figure 1.11 : Dike width verses depth for a range of overpressures (magma pres-
sure in excess of lithostatic) at the summit chamber. Below the Moho, all dikes con-
verge to a similar width, regardless of their overpressure in the summit chamber.
This decoupling of overpressure near the surface and depth suggests that surface
conditions have limited effect on supply rate.
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Figure 1.12 : Predicted supply to Kı̄lauea volcano for melts containing a range of
CO2 and H2O. A factor of 1 indicates a primary melt composition of 0.7 wt% CO2

and 0.68 wt% H2O. Blue curve represents melts that only change in CO2 whereas
the red curve represents melts whose variability is in both volatile species. A
change in slope between 1.6 and 1.8 marks the transition from melts that saturate
in CO2 at depths shallower than the inferred lithosphere-asthenosphere boundary
(50 km depth) and those that exsolve a vapor phase at pressures higher than those
found at 50 km depth.
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Table 1.1 : Table listing variables and descriptions used in the model.

Variable Description

Q Magma supply rate, km3/yr

z Depth, km

P

t

Pressure at the top of the lithospheric pathway

�P

t

Magma overpressure at top of lithospheric pathway, ⇡ 3.5 km depth

P

b

Pressure at the base of the lithospheric pathway

�P

b

Magma overpressure at base of lithospheric pathway

u Magma velocity

V

dj

Relative drift velocity between gas and melt phases

b Dike width, m

a Dike length, m

A Cross-sectional area of conduit

⇢

m

Melt phase density

⇢

g

Gas phase density

⇢ Magma density

� Gas fraction or porosity

µ Melt viscosity during ascent (1-10 Pa s)

N

b

Bubble number density

g Gravity

G Shear modulus of wall rock
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Chapter 2

Appendix

2.1 Olivine crystallization

Olivine that crystallizes during ascent is more dense than the ascending magma.

However, their small radius (0.5-2.0 mm (Clague and Denlinger, 1994; Sides et al.,

2014)) causes them to remain largely entrained and coupled to the magma. Figure

2.3 shows the Stoke’s velocity of such olivine crystals. Their settling velocity is be-

tween 10�3 and 10�5 m/s, at least one or two orders of magnitude smaller than the

magma ascent velocity (10�1-10�2 m/s). The model predicts a similar magnitude

for the vapor phase.

The other effect olivine is on the bulk density of the mixture. Although not

equal, the more dense olivine would cancel out any effect of the less dense va-

por phase. As noted in Figure 1.12, volatile content has minimal effect on supply

rate, and adding more dense olivine to the magma would weaken that effect even

further.

In the presence more CO2 in the primary melt, olivine crystallization may be

more favorable. If additional crystals are small, however, they too will remain

largely coupled to the melt. The minimal impact of olivine on the model warrants

its exclusion.
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2.2 Calculating the spatial gradient in mixture density

From mass balance, I derive this equation for the change in mixture velocity:

du

dz

= � 1

⇢b


u⇢

db

dz

+ ub

d⇢

dz

�
. (2.1)

Since mixture density is written as ⇢ = ⇢

m

� �⇢

m

+ �⇢

v

, its spatial derivative is

written as

d⇢

dz

=
dP

dz


(1 � �)

d⇢

m

dP

+ �

d⇢

v

dP

�
+ (⇢

v

� ⇢

m

)
d�

dz

. (2.2)

Here, � would be calculated using drift flux, accounting for a decoupled vapor

phase. This would require a more involved expression for d�/dz, derived from the

drift flux formulation. I choose instead to use a mixture density computed from

a gas fraction, �, from a closed system (equilibrium solubility, no flow) degassing

path in calculating the second term in Equation 2.1 only. Therefore, closed sys-

tem mixture density is a function of pressure, denoted ⇢

c

(P ), that can be called to

approximate the derivative:

d⇢

dz

⇡ d⇢

c

dz

=
d⇢

c

dP

����
P (z)

· dP

dz

(2.3)

The magma-static pressure gradient is already calculated, so all that remains is to

provide a discretized approximation of the pressure derivative of ⇢

c

. A centered

finite difference formulation is employed to approximate the derivative so that

d⇢

c

dP

(P
i

) ⇡ ⇢

c

(P
i

+ �P ) � ⇢

c

(P
i

� �P )

2�P

.

I compare an a posteriori calculation of Equation 2.2 to the approximation used in

the model (Equation 2.3), illustrated in Figure 2.2, wherein I conclude that this

approximation should not be used in future iterations of the model.
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2.3 CO2-H2O solubility and gas density

Equilibrium solubility of dissolved CO2 and H2O and exsolved gas density are cal-

culated based on Dixon (1997), Holloway (1977), and Flowers (1979). Holding tem-

perature constant, solubility of CO2 and H2O in basaltic melt depends on pressure

and mole fraction CO2 (XCO2) in an exsolved vapor phase. The system is con-

sidered both ‘closed’—meaning bubbles remain physically coupled with its parent

parcel of melt for the duration of flow from depth to summit—and in equilibrium—

meaning the vapor in the bubble remains in equilibrium with the dissolved volatiles

via complete diffusion at any given depth. An equation of state (Holloway, 1977;

Flowers, 1979) provides vapor density, also a function of pressure and XCO2 .

2.4 Melt density and compressibility

Melt compressibility depends on the major oxide composition of the melt, amount

of dissolved volatiles, temperature and pressure. Both thermal and pressure ex-

pansion as parameterized by Lange (1994) for each oxide and volatile components

determine the volume of a parcel of melt for a given temperature and pressure. For

major oxides, we use a standard Kı̄lauea melt composition from Helz (1987). Melt

volume V (Lange, 1994) is given by

Vliq(T, P, X

i

) = (2.4)
X

X

i


V

i,T

⇤ +
dV

i

dT

(T � T

⇤) +
dV

i

dP

(P � P

⇤)

�
,
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where X

i

is the mole fraction for each oxide component, P

⇤ is 1 bar, and T

⇤ is 1673

K. This formulation is valid for 0 to 20 kbar and for the temperature of 1370 K. Ther-

mal and pressure expansion of dissolved CO2 and H2O is not well constrained, so

a constant volume of 24 and 12 cc per mole, respectively, are used (Lange, 1994).

Finally, density of the melt phase is

⇢

m

=
M

mol

Vliq
(2.5)

where M

mol

is the molar mass of the melt based on its major oxides and dissolved

volatiles given by the solubility calculation.

2.5 Non-dimensional analysis

I start with these equations (2.4a, b from Bokhove et al. (2005))

d

dz

(bu) = 0

0 = � 1

⇢

m

�

db

dz

+
(⇢

r

� ⇢

m

)g

⇢

m

� �µu

⇢

m

b

2

Removing ⇢

m

from the second equation yields:

d

dz

(bu) = 0

0 = �1

�

db

dz

+ (⇢

r

� ⇢

m

)g � �µu

b

2
.
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To perform the nondimensional analysis, I define the following substitutions:

b

o

= ��P

o

, where � =
(1 � ⌫)a

G

ẑ =
z

b

o

b̂ =
b

b

o

û =
uab

o

Q

I rewrite the equations in their non-dimensional forms using the previous substi-

tutions.

d

dẑ

(b̂û) = 0

b

o

�b

o

db̂

dẑ

= g�⇢ � Q�µ

a(b
o

)3
û

(b̂)2

Simplifying,

d

dẑ

(b̂û) = 0

db̂

dẑ

=
g�⇢�b

o

b

o| {z }
A

� Q�µ�b

o

a(b
o

)4| {z }
B

û

(b̂)2

= g�⇢�| {z }
A

� Q�µ�

a(b
o

)3| {z }
B

û

(b̂)2

This will be written as a system of ODEs for both cases:

dy(1) :
db̂

dẑ

= A � B

û

(b̂)2

dy(2) :
dû

dẑ

= � û

b̂

db̂

dẑ

In these equations, ẑ = 0 represents the deepest location of the dike. Dike width

and melt velocity at depth are given as boundary conditions at that depth, and
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then the ODEs are integrated up to the surface. It is prefereable to specify boundary

conditions near the surface, which are far better constrained than those at depth,

and integrate down, requiring a simple sign adjustment. Now, ẑ = 0 represents

the top of the lithospheric pathway, and ẑ increases with depth below the volcano.

The new equations are

dy(1) :
db̂

dẑ

= �
"
A � B

û

(b̂)2

#
, (2.6)

dy(2) :
dû

dẑ

= � û

b̂

db̂

dẑ

, (2.7)

with boundary conditions [b̂
o

, û

o

= 1].

Decoupling depth

At some depth ẑ, dike width no longer changes with depth. This decoupling depth

indicates the depth at which the pressure boundary condition no longer affect the

dike width, and depends primarily on the initial dike width. Decoupling depth ẑ

eq

is defined the integral of db̂/dẑ until it equals b̂

o

� b̂

eq

. Since b̂

o

= 1 and ẑ

o

= 0 by

definition, it follows that

1 � b̂

eq

=

Z
ẑeq

0

db̂

dẑ

dẑ

=

Z
ẑeq

0

�A + B

û

(b̂)2
dẑ (2.8)

This integral does not have a closed form solution. Figure 1.8 illustrates a nu-

merical approximation. I plot the results as b̂

eq

versus ẑ

eq

, which represent the

values of b̂ and ẑ where db̂/dẑ ⇡ 0.
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When the problem is recast in dimensional form, similar decoupling behavior

is observed (see Figure 1.11). It appears that dikes of various starting widths all

converge to nearly similar widths at some depth below the surface.

2.6 Sensitivity to Nb

One assumption in the model pertains to bubble size and coalescence. I assume

that the bubble number density (number of bubbles per 1 m3 of melt) remains

constant from the moment CO2 saturates and exsolves a vapor phase forward.

Bubbles then increase in radius as CO2 solubility continues to decrease with shal-

lowing depth. Also, bubbles are not allowed to coalesce as they rise and grow.

Since the model does take into account the differential-velocity of the bubbles rela-

tive to the melt due to buoyancy, larger bubbles will begin to drift far ahead of the

melt, modifying the gas fraction �. Figure 2.1 show these results. Still, this effect

doesn’t diminish the decoupling behavior observed earlier between surface and

depth.
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Figure 2.1 : Predicted supply rate to Kı̄lauea for a range of �P

b

for a range of
plausible bubble number densities. There is no significant difference in flow rate
for a given �P

b

for a range of bubble number densities.

Regime n V1

Small bubbles (d < 0.5 cm) 3 g(⇢l�⇢v)d2

18µl

Large bubbles (d < 2 cm) 1.5 1.53
h

�g(⇢l�⇢v)
⇢

2
l

i1/4

Churn flow 0 1.53
h

�g(⇢l�⇢v)
⇢

2
l

i1/4

Table 2.1 : Table reproduced in part from Table 11-2 of Todreas and Kazimi (1989),
describing values of n and V1.
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Figure 2.2 : Plots comparing spatial derivatives of mixture density, d⇢/dz, as func-
tions of depth. The closed system defines mixture density based on a gas fraction
derived from a closed system degassing path, instead of a drift flux value of �. It
implies a complete coupling of the vapor phase to the melt. In contrast, the open
system bases its mixture density on a gas fraction calculated from drift flux, al-
lowing for a decoupled vapor phase. The open system is calculated a posteriori to
evaluate the accuracy of using a closed system approximation (Eq. 2.2). The lower
plot indicates the fractional error of the approximation, which exceeds 20 near the
top of the lithospheric pathway. Due to this error, future iterations will require an
implementation of Equation 2.2 in place of the closed system assumption.
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basaltic melt. Since Stoke’s velocity depends on the density of the magma, two
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used in the model. Over the size range of olivine crystals reported from other
melt inclusion studies (Clague and Denlinger, 1994; Sides et al., 2014), velocity varies
approximately one order of magnitude, but remains at least an order of magnitude
lower than the mixture velocity. For reference, the maximum velocity of the gas
phase relative to the melt is plotted.
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