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Abstract

This thesis gives insight into key aspects of the climate system response to anthropogenic
carbon dioxide (COs2) emissions. One characteristic is an approximately constant global
mean surface air temperature (GMSAT) after cessation of emissions, but also changes in
GMSAT to second order. Here it is shown that these second-order GMSAT changes are
positive, i.e. there is a small committed warming from previous emissions, because the
warming effect from declining ocean heat uptake dominates over the cooling effect from
declining atmospheric COs. The timing of zeroing emissions or the time horizon over which
the warming commitment is calculated have minor effects on this warming commitment
compared to the effect of the scenario prior to cessation of emissions. Another characteristic
explored is the approximately constant ratio between GMSAT change and cumulative COq
emissions (CE), referred to as Transient Climate Response to cumulative CO2 emissions
(TCRE). It is shown that the TCRE diverges more strongly over time from a constant
value under increasing atmospheric CO9 concentration than previously suggested. But it
is approximately constant over time under constant COs concentration due to cancelling
effects of changes in ocean heat and carbon uptake. Applying a wide range of sub-grid ocean
mixing parameterizations does not change the temporal evolution of the TCRE significantly
but leads to a wide range in the TCRE value. A third characteristic explored is irreversibility
of sea level rise from thermal expansion (TSLR). It is shown here that TSLR under negative
emissions does not return to pre-industrial levels for centuries after atmospheric COs has
returned to pre-industrial concentrations. This result is robust against the choice of mixing
parameter, although, generally an increased parameter leads to higher TSL rise and decline
rates. The results presented in this thesis suggest that setting cumulative CO2 emission
budgets in order to not exceed a certain warming target needs to be done with caution as
the TCRE varies more strongly over time than previously shown and additional committed
warming may lower allowable carbon budgets. Furthermore, TSLR is not linearly related to

cumulative CO5 emissions and is slow to be reversed if net negative emissions are applied.

Keywords: Climate change; Earth system modeling; Sea level rise; Warming commitment;

Transient Climate Response to cumulative COy Emissions; Carbon budget
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Chapter 1

Introduction

1.1 Setting the stage

Anthropogenic emissions of carbon dioxide (COg2) have led to an increase in atmospheric
COgq levels to 399 ppm by 2015 (Dlugokencky and Tans, 2017). For comparison, pre-
industrial CO4 concentrations were about 280 ppm. This rise in CO5 concentration together
with smaller contributions from other radiative forcing agents have induced changes in the
climate system, such as an increase in global mean temperature of 0.85°C between 1880 to
2012. Non-CO4 radiative forcing agents include other greenhouse gases such as methane,
nitrous oxide, and halocarbons, and, aerosols, some of which have a cooling effect. Other
changes in the climate system induced by these radiative forcing agents are increases in
extreme events, such as extreme precipitation or heat waves, declining Arctic sea ice, mass
loss from Greenland and Antarctic ice sheets, and increasing sea levels by 0.19 m between
1901 and 2010. The largest contribution to this sea level rise comes from thermal expansion
of the ocean (IPCC, 2013). The global mean warming by the end of this century is pro-
jected to be 0.3°C to 1.7°C for the lowest emission scenario (Representative Concetration
Pathway, RCP, 2.6) and 2.6°C to 4.8°C for the highest emission scenario (RCP8.5) (the
temperature changes are averages over the years 2081-2100 relative to averages over the
years 1986-2005). Other projected changes are for example, increased likelihood for heat
waves, increased precipitation in wet regions and decreased precipitation in dry regions,
and further increases in the sea level of 0.26-0.55 m and 0.45-0.82 m by 2100 (changes are
averages over the years 2081-2100 relative to averages over the years 1986-2005) for the
lowest (RCP 2.6) and highest (RCP 8.5) emission scenario, respectively (IPCC, 2013).

More than half of the emitted CO5 by human activities is taken up by carbon sinks, which
is equally partitioned between the land and ocean sink (Le Quéré et al., 2016). The main
mechanism for land carbon uptake is COq fertilization, which is enhanced plant growth due
to higher CO2 concentration in the atmosphere (Schimel, 1995; Arneth et al., 2010). In the

ocean, CO4 dissolves with the so called buffer reaction, where COs and carbonate ions are



consumed and hydrogen carbonate is produced. This reaction enables more dissolution of
COg in the ocean but is limited by the supply of carbonate ions (Sarmiento and Gruber,
2006). However, these uptake mechanisms of carbon will change under climate change.
For example, on land, high temperatures limit plant growth in low latitudes and increase
decomposition of plant matter, which increases the release of carbon from land into the
atmosphere (Friedlingstein et al., 2006; Zickfeld et al., 2011). Both feedbacks weaken the
land carbon uptake. Increased ocean temperatures reduce the solubility of carbon in the
ocean and decrease ocean carbon uptake (Sarmiento and Gruber, 2006). Besides carbon,
the ocean also takes up heat, which delays global mean warming (Hansen et al., 2005;
Solomon et al., 2009) and leads to sea level rise. But also ocean heat uptake changes under
global warming. For example, changes in ocean circulation under global warming shift the
location of ocean heat uptake to higher latitudes, which results in a cooling effect of surface
air temperatures (Winton et al., 2013).

One main question in climate change research is: what future climate changes do we expect
for a certain amount of COs emissions? Answering this question requires understanding of
both physical and bio-geochemical processes and feedbacks. Integrating a carbon cycle into
climate models (Sarmiento et al., 1998; Cox et al., 2000) allowed new insights into these pro-
cesses, such as significant positive climate-carbon cycle feedbacks, irreversible global mean
warming after CO4y emissions cease or an approximately linear relationship between global
mean warming and cumulative CO2 emissions (Matthews et al., 2009; Gillett et al., 2011).
These findings led to the development of the carbon budget approach, implying that there
is a set amount of cumulative CO2 emissions for a specific warming target (Zickfeld et al.,
2009). This approach has been suggested to inform climate policies (Raupach et al., 2014).
In the Paris agreement policy makers agreed to “Holding the increase in the global average
temperature to well below 2°C above pre-industrial levels and pursuing efforts to limit the
temperature increase to 1.5°C above pre-industrial level” (Paris Agreement, 2015). Apply-
ing the carbon budget approach to a warming target of 2°C relative to the period 1861-1881
results in total allowable cumulative COs emissions of 1000 PgC for a 66% probability of
staying below 2 °C, with more than half of this carbon budget already emitted (IPCC, 2013;
Rogelj et al., 2016).

The finding that warming remains approximately constant (i.e., is irreversible) after ces-
sation of COy emissions for centuries to come (Matthews and Caldeira, 2008; Gillett et al.,
2011; Solomon et al., 2009) is important as it implies that current emissions commit us to
future elevated temperatures. Causes for this irreversible warming are the slow decline in
atmospheric COgy due to its long atmospheric lifetime (Eby et al., 2009) and the ocean’s
thermal inertia.

To second order the global mean surface air temperature (GMSAT) continues to change

after cessation of CO2 emissions. This additional temperature change is referred to as



zero emission warming commitment (ZEC) and arises because the decline in atmospheric
COg (cooling effect) and the decline in ocean heat uptake (warming effect) do not exactly
offset each other. The ZEC ranges from -1.2°C to 0.5°C (Zickfeld et al., 2013; Frolicher
et al., 2013; Frolicher and Paynter, 2015) for a range of models and scenarios. Knowing the
magnitude of the ZEC is very important if using the carbon budget approach: significant ad-
ditional warming would need to be included in a warming target and would therefore lower
the allowable cumulative CO2 emissions. Different causes for the range in ZEC estimates
have been suggested, such as different scenarios prior to cessation of emissions (Krasting
et al., 2014; Zickfeld et al., 2013; Leduc et al., 2015), the magnitude of the forcing (Herring-
ton and Zickfeld, 2014), and model uncertainties in physical and bio-geochemical processes
(Frolicher et al., 2013; Zickfeld et al., 2013). However, a systematic study comparing a
range of effects potentially influencing the ZEC has not been done. A specific effect that
has not been studied is the timing of zeroing emissions, which would include a focus on
comparing the effects of declining ocean heat uptake (warming effect) and declining atmo-
spheric COy concentration (cooling effect). Both of these effects decline the later emissions
are zeroed, but the question remains which effect would prevail. Previous studies investi-
gate the effect of declining ocean heat uptake but they do not study in detail the change in
decline in atmospheric COy (Frolicher and Paynter, 2015; Nohara et al., 2015). Another fac-

tor that has not been explored thus far is the time horizon over which the ZEC is calculated.

A to first order constant GMSAT after zeroing CO4 emissions implies an approximately
constant ratio of GMSAT change to cumulative CO4 emissions. This approximate constancy
has been found to also hold under transient warming (Matthews et al., 2009; Allen et al.,
2009; Eby et al., 2009) and the ratio of GMSAT to cumulative COy emissions is referred
to as Transient Climate Response to cumulative CO2 Emissions (TCRE). The cause for
this approximate constancy is still under discussion and different explanations have been
proposed. The constancy of the TCRE across scenarios has been explained by the following
cancellation processes (Matthews et al., 2009): first, the warming per unit change in atmo-
spheric CO4 decreases under higher COs concentrations due to the logarithmic dependency
of radiative forcing, and thus temperature change, on atmospheric COs concentration. Sec-
ond, the fraction of carbon taken up by the ocean and land decreases under higher COq
concentrations (and hence leading to a warmer climate), and thus the cumulative airborne
fraction (i.e., the fraction of cumulative COy emissions remaining in the atmosphere) in-
creases for higher atmospheric COg concentrations. Matthews et al. (2009) explain the
constancy of the TCRE over time with a cancellation of a cooling effect due to uptake of
atmospheric COs by carbon sinks and a warming effect due to a reduced ocean heat uptake
efficiency (i.e., ocean heat uptake per unit change in GMSAT). This cancellation process
has been suggested to be caused by ocean heat and carbon flux being determined by the

same deep ocean mixing processes (Matthews et al., 2009; Solomon et al., 2009). Other



studies (Goodwin et al., 2015; MacDougall and Friedlingstein, 2015) use different theoreti-
cal approaches to describe the TCRE and also conclude that the cancellation of the effects
of ocean heat and carbon uptake on the TCRE causes its approximate constancy.

There are reasons to question this hypothesis as there are significant differences in the pro-
cesses involved in ocean heat and carbon uptake. For example, ocean heat and carbon
have opposite vertical gradients, which has an effect on the regions of heat and carbon
uptake from the atmosphere into the ocean. Ocean carbon increases with depth due to the
soft tissue pump, whereby carbon is consumed at the ocean surface by phytoplankton and
transported into deeper ocean after the plankton dies and decomposes or is consumed by
zooplankton and sinks down as fecal pellets. The ocean is warmed from the top and thus
ocean heat content decreases with depth. Therefore, regions of deep ocean upwelling are
regions of ocean heat uptake but carbon release from the ocean into the atmosphere. Fur-
thermore, the spatially uniform atmospheric CO5 concentration is in contrast to the strong
equator-to-pole gradient of air temperature. This contrast has an effect as both air-sea
fluxes of heat and carbon depend on the air-sea surface difference in either temperature (for
heat flux) or partial pressure of CO2 (for carbon flux).

Understanding the mechanism causing the TCRE to be approximately constant is an im-
portant factor in establishing the scientific foundation for the carbon budget approach.
Furthermore, comparisons of climate models show that there are inter-model differences
in the TCRE. The fifth Assessment Report of the Intergovernmental Panel on Climate
Change (IPCC) gives a range for the TCRE of 0.8-2.5°C per 1000 PgC based on results
from CMIP5 (Fifth Coupled Model Intercomparison Project) models and observational con-
straints (Collins et al., 2013; Frolicher and Paynter, 2015). These inter-model differences
are due to differences in both physical and bio-geochemical processes (Gillett et al., 2013;
MacDougall et al., 2017). One source for uncertainty that affects both physical and bio-
geochemical processes via ocean heat and carbon uptake is sub-grid scale ocean mixing,
which needs to be parametrized in ocean models. The effect of ocean mixing on the TCRE

has not been studied.

As mentioned above, the carbon budget for the 2°C target relative to the period 1861-
1880, gives a total CO9 budget of 1000 PgC for a probability of 66% to not exceed the target
(IPCC, 2013). 555 PgC have already been emitted between 1870 and 2015 (Le Quéré
et al., 2016), i.e., more than half of the allowable cumulative emission budget for a 2°C
target. With continuously increasing global emissions (Boden et al., 2016) the chance of
attaining this warming target with emissions reduction efforts alone is decreasing. The
challenge of attaining the target is heightened by the fact that current emission reduction
pledges under the Paris Agreement from the high emitting countries USA, China, and
European countries are not strong enough to reach the 2°C target while leaving room for

reasonable emissions from other countries (Peters et al., 2015). Therefore, many emission



scenarios for the future that stay below this warming target include negative emissions after
reaching a peak in emissions (Smith et al., 2016). Negative emissions means that CO; is
artificially removed from the atmosphere such that atmospheric CO9 declines more rapidly
than would be the case with natural removal processes alone. The option of deploying
negative emission technologies raises the question of reversibility of anthropogenic climate
change, i.e., to which extent it is possible to return to the pre-industrial or another “safe”
(defined by socially and politically measures) state of the climate system by artificially
lowering atmospheric COs concentrations. Specific questions are: Is it possible to restore
GMSAT to pre-industrial levels and on which time scales? How much would the decline in
GMSAT lag behind the decline in atmospheric CO2 concentration? On which time scales
are other aspects of climate change such sea level rise reversible?

Reversibility of GMSAT change on human time scales has been shown in previous studies
(Tokarska and Zickfeld, 2015; Boucher et al., 2012). However, other climate variables, such
as ocean temperature, change on longer time scales and may therefore not be reversible on
timescales relevant to human civilization. One aspect that is linked to ocean temperature
is the reversibility of thermal expansion of the ocean. Ocean heat uptake acts on long
time scales due to the ocean’s large heat capacity, therefore sea level continues to rise after
zeroed emissions despite an approximately constant GMSAT (Zickfeld et al., 2013). But if
instead of zeroing emissions, negative emissions are applied that lead to a strong decline
in atmospheric COy concentration and declining GMSAT, can sea level rise induced by
thermal expansion decline? Boucher et al. (2012) and Tokarska and Zickfeld (2015) find
this thermal expansion to be irreversible on decadal to centennial time scales for most
scenarios tested. Bouttes et al. (2013, 2015) and Zickfeld et al. (2013), however, find a
reversible thermosteric sea level rise on longer (centennial to millennial) time scales. There
are only a few studies investigating the mechanism of this reversibility. Thermosteric sea
level rise varies among models (Zickfeld et al., 2013), which could, among other factors,
be caused by differences in sub-grid scale ocean mixing parametrization as it affects the
timescale of ocean heat uptake and release and the distribution of heat in the ocean. The

effect of applying different parameterizations of ocean mixing has not been examined yet.

1.2 Research questions

The goal of this thesis is to elucidate key aspects of the century-scale climate response to
anthropogenic carbon dioxide emissions, such as the proportionality of change in global
mean surface air temperature to cumulative CO2 emissions, the warming commitment fol-
lowing cessation of COgy emissions, and the reversibility of anthropogenic climate change.
An important part in investigating these responses is the role of the ocean as it is a very
large carbon and heat reservoir. Motivated by the research gaps identified in the previous

section the following specific research questions will be addressed in this thesis:



1. Zero emissions warming commitment (ZEC)

(a) What determines the warming commitment after cessation of COy emissions?
(b) What is the effect of thermal equilibration (declining ocean heat uptake) and
bio-geochemical equilibration (declining carbon uptake) on this warming com-

mitment?
2. Transient Climate Response to cumulative COy Emissions (TCRE)

(a) Which physical processes determine the approximate constancy of the TCRE?
(b) What is the sensitivity of the approximate constancy of the TCRE to different

representations of ocean mixing?
3. Reversibility of thermosteric sea level rise

(a) Is sea level rise due to thermal expansion reversible and on which time scale?
(b) What are the physical mechanisms that determine this reversibility?

(c) What is the effect of different representations of ocean mixing on the reversibility

of ocean thermal expansion?

These research questions will be explored using a modelling approach. The model used
is an Earth system model of intermediate complexity, which allows to simulate climate
processes on multi-centennial time scales. For the investigation of the effects of ocean heat

uptake and the associated thermal inertia, such long time scales are necessary.

1.3 Thesis structure

This thesis is a paper-based thesis where Chapters 2, 3, and 4 comprise individual articles

published in or submitted to peer-reviewed journals. The thesis is structured as follows:

Chapter 2 investigates what determines the ZEC. Specific aspects that are being studied
are the timing of zeroing CO4 emissions, different CO2 concentrations prior to cessa-
tion of CO9 emissions, and the time horizon over which the ZEC is being calculated.
Investigating the timing of zeroing emissions includes studying the effects of declining
atmospheric COy concentrations and ocean heat uptake in determining the sign of
the ZEC. The strength of the effects these different aspects on the ZEC of are being
compared and the implications of the findings for the carbon budget approach are

being discussed.

Chapter 3 examines causes for the approximate constancy of the TCRE over time and the
sensitivity of this approximate constancy to ocean mixing. A theoretical description
of the TCRE is being proposed to uncover the role of ocean heat and carbon uptake

in the approximate constancy of the TCRE.
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Chapter 4 explores the reversibility of sea level rise due to thermal expansion and the
effects of ocean mixing on this reversibility. Physical mechanisms explaining this

reversibility are explored.

Chapter 5 summarizes the conclusions of this thesis, states the significance of the findings,

and gives an outlook for future research.



Chapter 2

What determines the warming
commitment after cessation of CO»

emissions?

This chapter is based on the journal article:

Dana Ehlert, Kirsten Zickfeld, What determines the warming commitment after cessation
of CO9 emissions?, Environmental Research Letters, 12 015002, 2017.

I designed the research, performed the model simulations and analysis for this research and
wrote the manuscript. Kirsten Zickfeld had the research idea, supported the analysis and

interpretation of results and edited the manuscript.

Abstract Previous studies have shown that global mean surface air temperature remains
elevated after cessation of COy emissions. However, studies differ in whether temperature
continues to increase, slowly decreases, or remains constant after cessation of emissions. An
understanding of this committed warming is of importance because it has implication for
the estimation of carbon budgets compatible with temperature targets. Here, we investigate
the effect of the state of thermal and bio-geochemical equilibration at the time emissions are
set to zero on the committed warming as the latter is determined by the balance of these
two equilibration processes. We find that the effect of thermal equilibration, expressed as
fraction of realized warming, dominates over the bio-geochemical equilibration, expressed as
ratio of the airborne fraction to the equilibrium airborne fraction. This leads to a positive
warming commitment, and a commitment that declines the later emissions are zeroed along
a trajectory of constant atmospheric COgy concentration. We furthermore show that the
scenario prior to zeroed emissions has the strongest effect on the warming commitment,
compared to the time of zeroed emissions and the time horizon over which the commitment

is calculated.



2.1 Introduction

Previous studies have shown that the global mean surface air temperature (GMSAT) re-
mains elevated for several centuries (Matthews and Caldeira, 2008; Gillett et al., 2011;
Solomon et al., 2009) after CO5 emissions are set to zero. The GMSAT change remains ap-
proximately constant to first order in most studies (Cao and Caldeira, 2010; Zickfeld et al.,
2012). However, to second order GMSAT increases or decreases after emissions are zeroed,
depending on the model used (Zickfeld et al., 2013; Frolicher et al., 2013). This committed
change in GMSAT from previous emissions, referred to as zero emission warming commit-
ment (ZEC), is important because it has implications for the carbon budget approach. This
approach is based on the finding that the long-term warming is dependent only on the cu-
mulative CO5 emissions and is independent of the emission pathway, implying that there is
a fixed amount of cumulative emissions for a certain temperature change target (Matthews
et al., 2009; Zickfeld et al., 2009). If there were significant GMSAT increase after emissions
cease, this warming commitment would need to be considered and the allowable cumulative

emissions would be lower in order to reach the same target.

The ZEC varies largely in sign and magnitude across studies. Gillett et al. (2011) and
Zickfeld et al. (2012) showed a ZEC of -0.6°C to 0.1°C for the first-generation Canadian
Earth System Model (for the SRES A2 scenario and a range of scenarios with cumulative
CO2 emissions of 2500 PgC) whereas Frolicher and Joos (2010); Frolicher et al. (2013);
Frolicher and Paynter (2015) find a ZEC of -0.5°C to 0.2°C for the National Centre for
Atmospheric Research Climate System Model (for the SRES A2/B1 scenarios and a pulse
emission of 1800 PgC) and a ZEC of 0.37°C to 0.5°C for the Earth System Model from the
Geophysical Fluid Dynamics Laboratory (ESM GFDL) (for idealized 1% increase scenario
to 745 ppm of atmospheric COy and pulse emission of 1800 PgC). The range of the ZEC
for the different models are due to different scenarios prior to cessation of emissions and
setting emissions to zero at different atmospheric CO2 concentrations. Zickfeld et al. (2013)
showed a warming commitment of -1.2°C to 0.6°C for a number of Earth System Models
of Intermediate Complexity (EMICs) using the same scenario. This EMIC range is biased
towards negative values as slightly negative instead of zero emissions were prescribed in
this study, resulting in a more rapid decrease in atmospheric COs. These ZEC ranges show
that there is no systematic difference in the ZEC depending on whether an EMIC or an
ESM is used, as suggested by Frolicher and Paynter (2015). Previous studies indicated
that ZEC differences arise from different scenarios prior to cessation of emissions, including
different rates and total amounts of emissions (Krasting et al., 2014; Zickfeld et al., 2013;
Leduc et al., 2015), the consideration of different forcing agents (Matthews and Zickfeld,
2012; Zickfeld et al., 2013), the magnitude of the forcing (Herrington and Zickfeld, 2014),

and model uncertainties in physical and biogeochemical processes (Frolicher et al., 2013;



Zickfeld et al., 2013).

The time at which emissions are zeroed along a constant COy concentration trajectory
and the time-span over which the commitment is calculated may also contribute to the
differences in the warming commitment but have not been explored previously. The effect
of the timing at which emissions cease is not straightforward, as the ZEC is an interplay
between physical and bio-geochemical processes. When emissions are zeroed, ocean heat
uptake declines which leads to an increase in surface air temperature. This warming effect
is counteracted by a decline in atmospheric COs concentration due to continuous uptake
of carbon by the land and the ocean, which has a cooling effect. Based on the ocean’s
thermal inertia (Hansen et al., 1985) alone, one would expect the ZEC to decrease the
later emissions are zeroed along a constant concentration trajectory because the ocean heat
uptake declines less. However, atmospheric COy concentrations after emissions are zeroed
also decline less the later emissions are zeroed. The ZEC will be determined by the bal-
ance of the two processes and it is not immediately clear which one dominates. Previous
studies investigate the effect of declining ocean heat uptake but they do not study in detail
the change in decline in atmospheric COq (Frolicher and Paynter, 2015; Nohara et al., 2015).

The goal of this study is to explore in depth the effect of both thermal and bio-
geochemical equilibration and the amount of forcing on the ZEC using the University of
Victoria Earth System Climate Model (UVic ESCM). We design two sets of CO2 scenarios
that differ in the time emissions are set to zero along a constant COs2 concentration tra-
jectory, and the peak COq concentration (and hence radiative forcing). Such a simulation

setup allows us to isolate the effect of the state of equilibration on the ZEC.

2.2 Model and Simulations

2.2.1 Model

We carried out all simulations using the University of Victoria Earth System Model, version
2.9 (UVic ESCM 2.9), an Earth system model of intermediate complexity (EMIC). The
three main physical components are an atmosphere energy balance model, a general ocean
circulation model, and a land surface scheme. The atmosphere is described by a vertically
integrated energy-moisture balance model, including water vapour, planetary long wave, and
dynamic wind feedbacks. All components have a resolution of 1.8°(meridional) x 3.6°(zonal).
The model does not include an ice sheet model and we only discuss the sea level rise due to
thermal expansion of the ocean. UVic ESCM also includes land, ocean, and ocean sediment
coupled carbon cycle components, which enable to prescribe CO9 emissions directly instead
of COy concentrations.

The ocean is described via the Geophysical Fluid Dynamic Laboratory (GFDL) Modular
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Ocean Model (MOM), a 3D general circulation model with 19 vertical layers (Weaver et al.,
2001) . The MOM is coupled to a dynamic sea ice model, a sediment model, an inorganic
carbon cycle model, and a marine biology model (Schmittner et al., 2005). The land is
modeled via a simplified version of the land surface scheme MOSES (Met Office Surface
Exchange Scheme) (Meissner et al., 2003; Cox et al., 1999), which is coupled to the dynamic
vegetation model TRIFFID (Top-down Representation of Interactive Foliage and Flora
Including Dynamics) (Cox, 2001).

2.2.2 Simulations

The UVic ESCM is spun up for 6000 years under pre-industrial (year 1800) conditions. After
the model is fully equilibrated, it is forced with idealized scenarios with a 1% yearly increase
in atmospheric CO2 concentration until doubling (2xCO2) and quadrupling (4xCO2) of the
pre-industrial concentration. Starting from these CO2 concentration levels a cessation of
COg emissions is prescribed in 100 year intervals (Figure 2.1a and 2.2a). The simulations
are named according to the simulation year emissions are set to zero, i.e., 2xCO2__ 70 until
2xC0O2_770 and 4xCO2_ 140 until 4xCO2_840. Atmospheric COq is the only forcing in
these simulations. Within each simulation set, either 2xCO2 or 4xCO2, simulations differ
in the state of thermal and bio-geochemical equilibration of the climate system at the time
emissions are set to zero and in the cumulative emissions (Figure 2.1a and 2.2a). Holding
atmospheric COq constant allows for (small) COy emissions that results in different cumu-
lative emissions by the time emissions are set to zero (1138-1926 PgC and 2881-3843 PgC
for the 2xCO2 and 4xCO2 scenarios, respectively). Other aspects, such as radiative forcing
at time of zeroed emissions, are the same. Therefore, this unique simulation set up allows

for a detailed examination of the effect of the state of equilibration on the ZEC.

2.3 Results

2.3.1 Climate system response

In our scenarios, an increase in atmospheric COs is prescribed, followed by setting COo
emissions to zero along a constant COg concentration trajectory. As soon as CO2 emissions
stop, atmospheric COy declines due to carbon uptake by land and ocean (Figures 2.1a and
2.2a). Within each simulation, the rate of this COy decline decreases over time. The change
in the rate of atmospheric COs decline is associated with different time scales of carbon
uptake processes on land and in the ocean, as discussed below. Additionally, atmospheric
CO4 concentration declines less between simulations the later emissions are zeroed.

Despite declining COs2 concentration, GMSAT anomaly continues to rise slightly once emis-

sions cease in all simulations (Figure 2.1b, and 2.2b). This warming after zeroed emissions
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Figure 2.1: Atmospheric COy concentration and cumulative COz emissions at the time
emissions are set to zero (crosses, 1 EgC=1000 PgC) (a), global mean surface air temper-
ature (GMSAT) anomaly (relative to year 0) (b), sea level rise (relative to year 0) due to
thermal expansion (c), carbon fluxes (d,e), and ocean heat flux (f) for a 1% yearly increase
of CO2 until doubling of pre-industrial concentration and zeroed emissions in 100 year in-
tervals. Positive fluxes indicate uptake of heat or carbon by the ocean or land. GMSAT
anomaly and thermosteric sea level rise values of the shaded areas (vertical dashed lines)
show the commitments for GMSAT anomaly and sea level rise as shown in Figure 2.4.

declines between simulations the later emissions are zeroed (Figure 2.4a). The disconti-
nuities in GMSAT anomaly and other variables towards the end of some simulations are
caused by flushing events in the Southern Ocean in the UVic ESCM which depend on the
level of atmospheric COg (Meissner et al., 2008). In these events the model abruptly tran-
sitions into a stage of strong deep water formation in the Southern Ocean, which leads
to outgassing of carbon into the atmosphere, decreased sea ice coverage, and increased air
temperature.

Sea level rise due to thermal expansion of the ocean continues after emissions cease in all
simulations (Figures 2.1c and 2.2c¢). The increase rate in thermosteric sea level rise dimin-
ishes the later emissions are zeroed. Therefore sea level rise after cessation of emissions is
smaller the later emissions are zeroed (Figure 2.4b).

In order to understand which aspects determine the warming commitment it is important to
understand how ocean heat uptake and ocean and land carbon uptake evolve as ocean heat

uptake affects GMSAT directly and land and ocean carbon uptakes affect atmospheric CO»
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Figure 2.2: Atmospheric COy concentration and cumulative COs emissions at the time
emissions are set to zero (crosses, 1 EgC=1000 PgC) (a), global mean surface air temper-
ature (GMSAT) anomaly (relative to year 0) (b), sea level rise (relative to year 0) due to
thermal expansion (c), carbon fluxes (d,e), and ocean heat flux (f) for a 1% yearly increase
of CO3 until quadrupling of pre-industrial concentration and zeroed emissions in 100 year
intervals. Positive fluxes indicate uptake of heat or carbon by the ocean or land. Jumps in
ocean fluxes and GMSAT anomaly are due to internal model variability.

and in turn radiative forcing and GMSAT. Ocean heat and carbon fluxes decline while atmo-
spheric COz is held constant and decline more strongly over time after cessation of emissions
within each simulation (Figures 2.1d,f and 2.2d,f). Land and ocean carbon uptake together
affect the airborne fraction (defined as ratio of change in atmospheric carbon burden to
cumulative CO9 emissions) and atmospheric COy concentration after cessation of emissions
and thus radiative forcing. The land carbon uptake already starts declining shortly before
reaching doubling of pre-industrial CO2 concentration due to positive climate-carbon cy-
cle feedbacks, such as decreased net primary productivity in lower latitudes or increased
soil respiration under rising temperatures (Friedlingstein et al., 2006; Zickfeld et al., 2011).
Therefore, in the first zeroed emissions simulation of the 2xCO2 simulations (2xCO2_70)
the land carbon flux is still relatively high. Together with high ocean carbon uptake, this
high land uptake results in a strong decline in airborne fraction after cessation of emissions
(Figure 2.3b) and low warming commitment for this simulation (Figure 2.5a). For all other

simulations, land carbon flux is very close to zero once emissions cease. The differences
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in the decline between ocean heat and carbon flux, together with the close to zero land
carbon uptake after zeroed emissions have implications on how ocean heat uptake declines
compared to the decline in radiative forcing. The implications for the ZEC are discussed in
Section 2.3.3.

2.3.2 Thermal and bio-geochemical equilibration

In the following we explore how close the system is to thermal and bio-geochemical equilibra-
tion at the time CO9 emissions are set to zero and to what extent the state of equilibration
determines the sign and magnitude of the warming commitment.

The state of thermal equilibration is expressed in terms of the realized warming fraction,
defined as the ratio of GMSAT anomaly to instantaneous equilibrium temperature, which
is a commonly used measure (Solomon et al., 2009). The higher the realized warming
fraction, the closer the system is to thermal equilibrium. The equilibrium temperature is
calculated using Te,(t) = RF(t)/\ where T¢, is the equilibrium temperature at time t,
RF is the radiative forcing at time t, and A is the climate feedback parameter. For both
2xC0O2 and 4xCO2 simulations, the simulations in which emissions cease later are closer to
thermal equilibrium at the time of zeroed emissions (Figure 2.3a). The realized warming
fraction at the time of zeroed emissions is 0.5-0.9 and 0.6-0.8 for 2xCO2 and 4xCO2 sim-
ulations, respectively. Thus the 4xCO2 simulations have a smaller range but are generally
further away from thermal equilibrium than the 2xCO2 simulations (compare continuous
and dashed lines in Figure 2.3a).

The deviation of the cumulative airborne fraction (AF) from the equilibrium cumulative
airborne fraction (AF,) is used as a measure for the state of bio-geochemical equilibration
(Figure 2.3b). The AF indicates the fraction of cumulative anthropogenic emissions that
remains in the atmosphere and is determined by the carbon uptake mechanisms, which act
on varying time scales. The main processes that are important on the time scales discussed
here are land carbon uptake (1-100 year time scale), dissolution of COs into the ocean mixed
layer and mixing of carbon into deeper ocean layers (10-1000 years time scale), and reaction
of dissolved carbon with calcium carbonate in sea sediments (1000-10,000 years) (Archer
et al., 2009; Ciais et al., 2013). Carbon uptake by land weathering (acting on 10,000-100,000
year time scales) plays only a minor role on the time scales considered here. In previous
studies (Solomon et al., 2009; Eby et al., 2009; Frolicher and Paynter, 2015), the AF after
10,000 years was taken as AF.,, which does not take weathering into account.

We follow this approach here and use the year 10,000 values given by Eby et al. (2009) for
the UVic ESCM. Eby et al. (2009) show that the AF,, (value at year 10,000) is cumulative
emission but not emission path dependent. The AF,, for the 2xCO2 simulations is ~20%,
the AF,, for the 4xCO2 simulations is ~25% (grey lines in Figure 2.3b). These values
agree with the theoretically derived value of 20% by Solomon et al. (2009). At the time of
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Figure 2.3: a) Realized warming fraction, defined as the ratio of GMSAT anomaly to
equilibrium temperature change for the radiative forcing at each point in time. b) Airborne
fraction, i.e., the ratio of change in atmospheric carbon burden over cumulative emissions.
The horizontal grey lines, continuous and dashed, are the equilibrium airborne fraction for
2xCO0O2 and 4xCO2 simulations, respectively. The equilibrium airborne fraction is the year
10,000 value given by Eby et al. (2009). Year zero is the year at which emissions ceased and
the vertical dot-dashed line indicates the time at which the commitments are calculated
(400 years after cessation of emissions). For 4xCO2 simulations 4xCO2_ 640, 4xCO2__740,
4xCO2_840 are not shown as in those simulations the equilibration process is disturbed
due to model internal variability within 400 years after zeroed emissions.

zeroed emissions, the AF is lower for simulations in which emissions cease later in time in-
dicating that the system is closer to bio-geochemical equilibration (Figure 2.3b). However,
the decline rate of the AF is higher the earlier emissions cease because atmosphere and
ocean carbon reservoirs are less in equilibrium with atmospheric CO5 and therefore land
and ocean carbon uptake is higher. Thus, from 400-500 years after cessation of emissions
onwards the AF is higher the later emissions cease. The 2xCO2 and 4xCO2 simulations
reach an AF at the year of zeroed emissions of 30-50% and 50-60% respectively. Thus both
2xCO2 and 4xCO2 simulations are still quite far from biogeochemical equilibrium and the
simulations within 2xCO2 and 4xCO2 sets do not converge to the same value.

Comparing the realized warming fraction and how close the AF is to its equilibrium value
at time of zeroed emissions, the system seems to be closer to thermal equilibrium than to
bio-geochemical equilibrium. However, this difference in equilibration time scale is inherent
to the definition of the AF., as we include long time scale ocean sediment processes of the

carbon cycle by choosing the year 10,000 value as the AF.,. Thus the thermal equilibra-
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tion is faster than the bio-geochemical equilibration due to the long time scales of sediment

carbon cycle processes.

2.3.3 Zero emission warming commitment

In the following we discuss the ZEC and the connection to the equilibration of the climate
system. We evaluate the zero emission commitment in this study by calculating the differ-
ence of a variable (GMSAT anomaly and sea level rise due to thermal expansion) between
the time of setting emissions to zero and 400 years later. If we use commitment in the
following, we refer to the zero emission commitment described above and ZEC refers to
the zero emission warming commitment as the change in GMSAT anomaly. The ZEC is
always positive (Figure 2.4a) and it is higher for 4xCO2 simulations than for 2xCO2 simu-
lations (4xCO2 ZEC=0.2-0.9°C, 2xC0O2 ZEC=0-0.1°C). Furthermore, the ZEC declines for
simulations with emissions zeroed later in time for both 2xCO2 and 4xCO2 simulations.
Only between the last three 2xCO2 simulations, the ZEC increases again. Similarly, the
thermosteric sea level rise commitment declines for simulations with emissions zeroed later
in time (Figure 2.4b).

As discussed above, the ZEC results from a balancing process between the decline in
ocean heat uptake (warming effect) and the decline in radiative forcing due to declining
COg concentrations (cooling effect). The decline in ocean heat uptake depends on the state
of thermal equilibration of the system, i.e., the more the system is equilibrated, the lower
the decline in ocean heat uptake and the smaller is the warming effect from this decline.
The degree of decline in atmospheric CO2, on the other hand, is dependent on the state of
bio-geochemical equilibration, i.e., the more the system is equilibrated, the smaller is the
ocean carbon uptake and thus a smaller decline in atmospheric CO2 and radiative forcing,
implying a smaller cooling effect. A positive ZEC, as found in our simulations, indicates
that the effect of decline in ocean heat uptake after emissions cease dominates over the
effect of decline in radiative forcing within each simulation. Thus the effect of the thermal
equilibration dominates over the effect of bio-geochemical equilibration within each simula-
tion.

In the following we show that the dominance of thermal equilibration also explains the
decrease in ZEC for simulations where COy emissions are set to zero later with a few ex-
ceptions in the 2xCO2 simulations.

The decline in radiative forcing diminishes the later emissions are zeroed along a constant
COq, trajectory because the decrease in carbon uptake diminishes the later emissions cease
(Figure 2.4c). The decline in ocean heat uptake also diminishes the later emissions are
zeroed and it diminishes more strongly between simulations than the decline in radiative
forcing (compare slopes of continuous and dashed line in Figure 2.4d). Therefore, the warm-

ing effect of the decline in ocean heat uptake decreases more strongly relative to the cooling
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Figure 2.4: Warming commitment (a), thermosteric sea level rise commitment (b), residual
change in land and ocean carbon uptake(c), and residual change in radiative forcing and
ocean heat uptake (d) over 400 years after zeroed emissions for 1% yearly atmospheric COq
increase until 2x (black lines) and 4x (grey lines) pre-industrial COy. Each data point is a
different simulation, where the year on the x axes indicates the year at which emissions are
set to zero. The colors of each marker correspond to the simulations as seen in Figures 2.1
and 2.2. Carbon and heat uptake and radiative forcing decline over time. Therefore their
residual changes are negative and their magnitude decreases between the simulations. The
last three simulations of the 4xCO2 simulations are not shown as the equilibration process
is interrupted due to internal model variability within 400 years after zeroed emissions.

effect from declining radiative forcing and the ZEC declines the later emissions are zeroed.
There are two exceptions from this decline in ZEC in the 2xCO2 simulations. Firstly, the
ZEC increases between the last three 2xCO2 simulations (Figure 2.4a), which is due to an
approximately constant decline in ocean heat uptake between those simulations while the
decline in radiative forcing continues to decrease (the continuous black line in Figure 2.4d
still changes while the dashed black line is constant). The second exception is approximately
constant ZECs between the first two 2xCO2 simulations due do similarly strong changes

in ocean heat uptake decline and radiative forcing decline between those simulations. The
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stronger decline in radiative forcing after zeroed emissions in the first 2xCO2 simulation is
probably due to a higher land carbon uptake in this simulation. Thus to summarize the
ZEC depends on both the thermal and bio-geochemical equilibration. The effect of thermal
equilibration dominates in most simulations but for the last three 2xCO2 simulations the
change in ocean heat uptake is the same and the change in bio-geochemical equilibration
between the simulations dominates, which leads to an increase in the ZEC between these

simulations.

Scenarios within each simulation set that differ in the timing of zeroing emissions also
differ with regard to cumulative emissions (Figure 2.1a, 2.2a). Separating the effect of the
state of equilibration and cumulative emissions is difficult. Previous studies (Herrington
and Zickfeld, 2014; Leduc et al., 2015) that explored the warming commitment under dif-
ferent scenarios did not separate the effects of the total amount and the rate of emissions.
Therefore, scenarios with higher cumulative emissions, linked to higher ZEC (at least for
cumulative emissions above 2400 EgC), also entail higher emission rates and a stronger
disequilibrium. Based on our current understanding of the coupled climate-carbon cycle
system we expect that under higher cumulative emissions carbon sinks will be closer to sat-
uration, which leads to lower CO5 uptake. This lower CO2 uptake entails lower cumulative
emissions while atmospheric COs is prescribed and a slower decline in atmospheric CO»
once emissions are zeroed. The slower decline results in a higher ZEC. Thus, when only
taking differences in cumulative emissions into account we would expect the ZEC to increase
the later emissions are zeroed. However, ZEC are mostly deceasing the later emissions are
zeroed suggesting that the effects of increased cumulative emission and bio-geochemical
equilibration are less dominant than the effect of thermal equilibration. The sea level rise
commitment is not affected by different cumulative emissions within each simulation set as

the radiative forcing does not vary.

In addition to the time at which emissions are zeroed, the ZEC is also dependent on the
CO> concentration scenario prior to zeroed emissions, which affects the state of equilibra-
tion, the radiative forcing, and cumulative emissions. For the 4xCO2 simulations the ZEC is
0.15-0.86°C whereas the 2xCO2 ZEC stays very low at 0.0-0.10°C (Figure 2.4a). This large
difference in ZEC can be explained with a lower realized warming fraction at the time of
zeroed emissions under higher CO4 concentration (Figure 2.3a) and thus a stronger decline
in ocean heat uptake. Furthermore, higher cumulative emissions together with climate car-
bon cycle feedbacks from increased temperatures due to increased radiative forcing lead to
more saturated carbon sinks. This saturation entails a slower decline in COs concentration
after zeroing emissions and thus a larger ZEC. However, a higher AF relative to its AF,
value for the 4xCO2 simulations compared to the 2xCO2 simulations at the time of zeroed

emissions (Figure 2.3b) indicates a lower state of bio-geochemical equilibration. This lower
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state of equilibration results in a stronger decline in CO2 concentration leading to a lower
ZEC. In total the effects of thermal equilibration and higher cumulative emissions dominate

over the effect of bio-geochemical equilibration.

Thus far we have defined the ZEC between the time of zeroed emissions and 400 years
after zeroed emissions. However, many studies differ in duration over which the commitment
is calculated. Figure 2.5 shows warming and sea level rise commitments calculated as change
over 100, 400, 700, and 900 years after cessation of emissions. This range of duration for
calculating the commitment reflects the range in the existing literature (Lowe et al., 2009;
Zickfeld et al., 2013; Frolicher and Paynter, 2015). Calculating ZEC only over 100 years
for the 4xCO2 simulation gives significantly lower ZECs relative to the ZECs calculated
over longer duration. For time horizons of 400 to 900 years the ZEC declines slightly for
2xCO2 simulations and increases slightly for 4xCO2 simulations the longer the time horizon
over which the commitment is calculated whereas the sea level rise commitment increases
significantly for both 4xCO2 and 2xCO2 simulations.
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Figure 2.5: ZEC (a) and thermosteric sea level rise commitment (b) calculated as the change
over 100, 400, 700, and 900 years after cessation of emissions.

2.4 Discussion

A positive warming commitment for the UVic ESCM is consistent with other studies us-
ing the same model, as long as the emissions are positive prior to cessation of emissions
(Cao and Caldeira, 2010; Matthews and Zickfeld, 2012). However, sign and magnitude of
the warming commitment is highly model dependent (Frolicher et al., 2013; Zickfeld et al.,
2013). Frolicher and Paynter (2015) suggest that EMICs have a negative ZEC and all ESM
have a positive ZEC. We do not agree with this assessment, for the following three rea-
sons. Firstly, there are ESMs that have negative ZEC in some studies (Gillett et al., 2011;
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Zickfeld et al., 2012; Frolicher and Joos, 2010; Frolicher et al., 2013), depending on the sce-
nario prior to setting emissions to zero, as discussed in Section 4.1. Secondly, Frélicher and
Paynter (2015) compare their results with the warming commitment for the EMICs from
Zickfeld et al. (2013), where slightly negative as opposed to zero emissions are prescribed,
which leads to a low bias in the warming commitment for some EMICs as shown for the
UVic ESCM (see supplementary material). Thirdly, consistent with other studies (Cao and
Caldeira, 2010; Matthews and Zickfeld, 2012) we show that the UVic ESCM, as an EMIC,
has a positive ZEC. We caution against generalizing results to all EMICs, as this group
of models is very heterogeneous (some are coarse resolution ESMs, whereas others are box
models).

Most studies show small positive or negative ZECs (see Section 4.1), which indicates that
little additional warming after zeroed emissions needs to be taken into account when esti-
mating the cumulative CO2 emissions compatible with climate targets. Only studies using
the ESM GFDL Frolicher and Paynter (2015) find high ZECs under low warming scenar-
ios (0.5°C ZEC for 2°C warming). Our analysis show a negligible warming commitment
for CO2 concentrations up to doubling of the pre-industrial COs concentration or RCP4.5
concentrations after year 2200, whereas they show a significant warming commitment for
quadrupling of pre-industrial concentrations or RCP8.5 concentrations after year 2200 (see
supplementary material). An implication of this is that additional warming may not have to
be considered for low climate targets (1.5°C to 2°C), whereas it may have to be considered

for high targets.

2.5 Conclusions

In this study we investigate the effect of different factors on the zero emission warming
commitment, including the effect of the state of thermal and bio-geochemical equilibration
at the time emissions are set to zero, the COy concentration level, and the time horizon
over which the commitment is calculated. Previous studies have investigated the effect of
thermal equilibration (Frolicher and Paynter, 2015) but this study is the first one to our
knowledge that investigates the effect of bio-geochemical equilibration as well. Both ther-
mal and bio-geochemical equilibration have to be taken into account when discussing the
ZEC as the commitment is determined by the warming effect from declining ocean heat up-
take, associated with the state of thermal equilibration, and the cooling effect of declining
atmospheric COq, which is affected by declining carbon uptake, and thus the state of bio-
geochemical equilibration. The warming commitment is positive in all simulations, which
implies that the warming effect of decline in ocean heat uptake dominates over the cooling
effect of decline in atmospheric COy and thus decline in radiative forcing.

Furthermore we find that the warming commitment declines the later emissions cease along

a trajectory of constant atmospheric CO2 concentration. This implies that the decrease in
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declining ocean heat uptake (decline in warming effect) dominates over the decrease in de-
clining radiative forcing (decline in cooling effect). Thus the state of thermal equilibration,
expressed as the realized warming fraction, has a stronger effect on the ZEC than the state
of bio-geochemical equilibration, expressed as the ratio of airborne fraction to equilibrium
airborne fraction. However, the warming commitment increases again once it declines to
zero in the 2xCO2 simulations indicating the state of bio-geochemical equilibration domi-
nates over the state of thermal equilibration in these cases. This behavior of the ZEC could
be model dependent as the warming commitment in general is very model dependent as
physical and bio-geochemical processes and their balance differ between models. Another
factor that varies between simulations are the cumulative CO2 emissions. Higher cumula-
tive emissions for simulations with emissions zeroed later could lead to increasing ZEC or,
rather, ZEC decreasing less if carbon sinks saturate. However, we expect this effect to be

small relative to the effect of thermal equilibration.

To summarize, the warming commitment is higher for higher COy concentrations prior
to cessation of emissions, the earlier emissions are zeroed in time, and the longer the duration
over which the commitment is calculated. Whereas the first factor, the concentration prior
to zeroed emissions, has a strong effect on the commitment, the time at which emissions are
zeroed and the time period over which the commitment is calculated have only a small effect
on the warming commitment. Thus, when comparing warming commitments from different
studies we recommend only comparing studies with the same or similar scenarios prior to
zeroed emissions whereas the other two factors might not have to be taken into account
or could be adjusted by using our results. Furthermore, we find significant ZEC for high
CO2 concentration scenarios (4xCO2 ZEC=0.2-0.9°C, RCP8.5 ZEC= 0.2-0.6°C) but small
ZECs for lower concentration scenarios (2xC0O2 ZEC=0-0.1°C, RCP4.5 ZEC=0.07-0.2°C).
This implies that for low concentration scenarios no additional warming may need to be
taken into account when estimating the cumulative CO9 emissions compatible with climate
targets, whereas additional warming may have to be considered for high concentration sce-

narios.

2.6 Supplementary material

Simulations using Representative Concentration Pathways.

2.6.1 Simulations

In order to investigate the climate change commitment under more realistic scenarios, sim-
ulations are performed using the Representative Concentration Pathways (RCP) 4.5, 6.0,

and 8.5 and their extensions until calendar year 2300 (Meinshausen et al., 2011) which
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include greenhouse gases (CO2 and non COg), aerosols, and land use change as anthro-
pogenic forcings. For these simulation UVic ESCM is spun up under year 850 conditions,
then integrated until year 2005, as described in the EMIC inter-comparison project (Eby
et al., 2013; Zickfeld et al., 2013), and subsequently forced using the RCP4.5, RCP6.0, and
RCP8.5. Starting in year 2150 for RCP4.5 and RCP6.0 and year 2250 for RCP8.5, all
forcings are constant. COs concentrations at that time are 543 ppm for RCP4.5, 752 ppm
for RCP6.0, and 2251 ppm for RCP8.5. The constant aerosol and non-COy greenhouse gas
forcings are -0.08 Wm~2 and 0.87 Wm ™2, -0.10 Wm ™2 and 0.97 Wm~2, -0.1 Wm~2 and 2.0
Wm~?2 for RCP4.5, RCP6.0, RCP8.5 respectively. From year 2200 for RCP4.5 and 6.0 and
from year 2300 for RCP8.5 CO5 until year 2900 emissions are zeroed in 100 year intervals

while all other forcings remain constant.

2.6.2 Results and discussion

In the following section we discuss the effect of the timing of zeroed emissions and the
scenario prior to zeroed emissions on the climate change commitment using the Repre-
sentative Concentration Pathways (RCPs) as described above. Generally, the ZEC and the
thermosteric sea level rise commitment for the RCP simulations behave very similarly to the
1% yearly increase idealized simulations discussed above (Figure 2.6). This similarity is not
intuitive as the RCP simulations also included non-COsy forcers, which can add additional
warming with further consequences to carbon-cycle-climate feedbacks. As in the idealized
simulations, we observe always a positive ZECs. Furthermore, both ZEC and sea level rise
commitment decline between simulations with CO9 emissions zeroed later in time and the
commitments are higher for higher CO2 concentrations prior to setting COg2 emissions to
Z€ero.

Furthermore, the warming commitment for RCP4.5 shows a similar behavior as the commit-
ment for the 2xCO2 simulations; the RCP4.5 warming commitments decline with emissions
zeroed later in time and approach a lower most value but increase slightly thereafter (Figure
2.6a, continuous line). The only difference to the 2xCO2 simulations is that the lower most
warming commitment is not zero in the RCP4.5. This non-zero value is probably due to

the constant non-COg forcers which add additional warming.

In an EMIC intercomparison study, Zickfeld et al. (2013) compare the warming commit-
ment for simulations following the RCPs followed by prescribing pre-industrial emissions in
year 2300. For RCP4.5, RCP6.0, and RCP8&.5 they find a warming commitment range of
1.0°C to 0.3°C, -1.2°C to 0.4°C, and -0.7°C to 0.6°C over all EMICs and warming com-
mitments of -0.4°C, -0.06°C, and 0.5°C for UVic ESCM alone. Our ZEC for the RCPs
simulation with zeroed emissions at year 2300 are 0.1°C, 0.3°C, and 0.6°C for RCP4.5,
RCP6.0, and RCP8.5, respectively. Thus our ZECs are higher than the commitments for
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UVic ESCM from Zickfeld et al. (2013) because Zickfeld et al. (2013) prescribe negative
pre-industrial emissions for UVic ESCM and we set emissions to zero. Other models in the
EMIC inter-comparison study have negative pre-industrial emissions, thus it is reasonable
to believe that the warming commitment range given by Zickfeld et al. (2013) is biased low

when comparing it to ZEC.
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Figure 2.6: Warming commitment (a) and thermosteric sea level rise commitment (b) cal-
culated as change in global mean surface air temperature and thermosteric sea level rise
over 400 years after zeroed emissions for RCP4.5, RCP6.0, and RCP8.5. Each data point
is a different simulation, where the year on the x axes indicates the year at which emissions
are set to zero.
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Chapter 3

The sensitivity of the
proportionality between
temperature change and
cumulative CO- emissions to ocean

mixing

This chapter is based on the journal article:

Dana Ehlert, Kirsten Zickfeld, Michael Eby, Nathan Gillett, The sensitivity of the pro-
portionality between temperature change and cumulative CO2 emissions to ocean mixing,
Journal of Climate, 30, 2921-2935, doi: 10.1175/JCLI-D-16-0247.1, 2017.

I designed the model simulations with support from Michael Eby, performed the simula-
tions, analysed and interpreted the simulation results with support from Kirsten Zickfeld,
Michael Eby, and Nathan Gillet, and wrote the manuscript with edits from Kirsten Zickfeld,
Michael Eby, and Nathan Gillett.

Abstract The ratio of global mean surface air temperature change to cumulative
CO> emissions, referred to as Transient Climate Response to Cumulative CO2 Emissions
(TCRE), has been shown to be approximately constant on centennial time scales. The
mechanisms behind this constancy are not well understood, but previous studies suggest
that compensating effects of ocean heat and carbon fluxes, which are governed by the same
ocean mixing processes, could be one cause for this approximate constancy. This hypothesis
is investigated by forcing different versions of the University of Victoria Earth System Cli-
mate Model, which differ in the ocean mixing parameterization, with an idealized scenario

of 1% annually increasing atmospheric CO5 until quadrupling of the pre-industrial COq
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concentration and constant concentration thereafter. The relationship between surface air
warming and cumulative emissions remains close to linear but the TCRE varies between
model versions, spanning the range of 1.2-2.1°C EgC~! at the time of CO5 doubling. For all
model versions, the TCRE is not constant over time while atmospheric CO2 concentrations
increase. It is constant after atmospheric COs stabilizes at 1120 ppm, due to compensating
changes in temperature sensitivity (temperature change per unit radiative forcing) and cu-
mulative airborne fraction. The TCRE remains approximately constant over time even if
temperature sensitivity, determined by ocean heat flux, and cumulative airborne fraction,
determined by ocean carbon flux, are taken from different model versions with different
ocean mixing settings. This can partially be explained with temperature sensitivity and
cumulative airborne fraction following similar trajectories, which suggests ocean heat and

carbon fluxes scale approximately linearly with changes in vertical mixing.

3.1 Introduction

Recent literature has shown an approximately linear relationship between global warming
and cumulative CO9 emissions (Matthews et al., 2009; Allen et al., 2009; Eby et al., 2009).
The ratio between global mean temperature change and cumulative emissions is referred
to as transient climate response to cumulative CO2 emissions (TCRE) but has also been
called carbon-climate response (CCR) in earlier literature (Matthews et al., 2009). A use-
ful application of the approximate constancy of the TCRE, especially for climate policy,
is setting total allowable cumulative emissions to meet global warming targets (Zickfeld
et al., 2009; Raupach et al., 2014). The Fifth Assessment Report of the Intergovernmental
Panel on Climate Change gives a range for the TCRE of 0.8-2.5°C' per 1000 PgC based
on results from CMIP5 (Fifth Coupled Model Intercomparison Project) models and obser-
vational constraints (Collins et al., 2013; Frolicher and Paynter, 2015). The TCRE differs
between models as it includes both the physical and biogeochemical uncertainties of the
models, which makes it a useful benchmark for model intercomparison (Collins et al., 2013;
Bindoff et al., 2013).

For any one specific model the TCRE is approximately constant over time and across CO»
emissions with certain limitations to that constancy for different models. The limits of
this approximate constancy have been studied in terms of cumulative CO9 emissions and
emission rates. Earlier studies suggest strongest divergence from a constant value occurs
under very low cumulative emissions (<1000 PgC) because the signal to noise ratio is too
low (Gillett et al., 2013) and very high cumulative emissions (>3000 PgC) because the ef-
fect of saturating radiative forcing is stronger than the saturation of carbon sinks (Gillett
et al., 2013; Herrington and Zickfeld, 2014). However, a recent study suggests that a large
decrease in the TCRE for high cumulative emissions is only associated with some models of

intermediate complexity and the TCRE remains close to constant for most models (includ-
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ing the UVic ESCM) for cumulative emissions of up to 5000 PgC (Tokarska et al., 2016).
The TCRE is also not constant for stabilization of the climate system over several thousand
years (Collins et al., 2013; Frolicher and Paynter, 2015). In some models the TCRE is also
not constant under very high emissions rates, like an instantaneous quadrupling of pre-
industrial atmospheric CO2 concentrations (Gillett et al., 2013). Additionally, the TCRE
may vary to second order for some models with emission rate. Krasting et al. (2014) find
that the TCRE is highest for low and high emission rates (2 GtCyr—! and 25 PgCyr—1) but
is lower for current emission rates (5-10 PgCyr—!), while Herrington and Zickfeld (2014)
find a decrease in TCRE with increasing emissions rates. Thus the TCRE may be scenario
dependent in some climate models but these variations are smaller than inter-model varia-
tion in the TCRE (Krasting et al., 2014; Herrington and Zickfeld, 2014; Leduc et al., 2015).
Zickfeld et al. (2016) show that the TCRE is not constant when positive CO2 emissions are
followed by net-negative COg emissions because of the lagged response of the deep ocean.

The physical explanation for the approximate constancy of the TCRE remains under dis-
cussion and different explanations have been proposed. Matthews et al. (2009) separate the
TCRE into airborne fraction of cumulative COg emissions (change in atmospheric carbon
burden per unit change in cumulative emissions) and temperature change per unit change
in atmospheric carbon burden. Using these two ratios, Matthews et al. (2009) explain the
constancy TCRE with two cancellation processes: First, the approximate constancy of the
TCRE across scenarios is due to the cancellation of an increase in the airborne fraction of
cumulative emissions with increase in emission rate, which means more warming, and a sat-
uration of radiative forcing from COgy with increasing atmospheric COg, which means less
warming. The cumulative airborne fraction increases at higher emissions because the car-
bon uptake rate by land and ocean decreases. Second, the approximate temporal constancy
of the TCRE is due to the cancellation of a decrease in airborne fraction of cumulative emis-
sions over time, i.e., less warming, and an increase in temperature change per unit change
in atmospheric CO2, meaning more warming. Matthews et al. (2009) and Solomon et al.
(2009) suggest that the second cancellation process could be due to ocean heat and carbon
fluxes being determined by the same deep ocean mixing processes. Goodwin et al. (2015)
show a cancellation over time of the sensitivity of surface warming to radiative forcing and
the sensitivity of radiative forcing to cumulative emissions due to compensating effects of
ocean heat and carbon fluxes on the climate. The sensitivity of surface warming to ra-
diative forcing increases over time due to decreasing ocean heat uptake per unit radiative
forcing, i.e., more warming. At the same time the sensitivity of radiative forcing to cumu-
lative emissions decreases over time, because the radiative forcing is directly proportional
to undersaturated oceanic carbon and oceanic carbon content gets closer to equilibrium
with the atmospheric carbon content. It should be noted that Goodwin et al. (2015) focus
their discussion on the time after emissions are set to zero, when the climate system is not

externally forced anymore and approaches equilibrium, i.e., ocean heat and carbon fluxes
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are declining. Another study by Williams et al. (2016) expands the Goodwin et al. (2015)
approach to simulations that include non-COs forcers along with COy forcing. Williams
et al. (2016) find close to constant, but slightly increasing TCRE for two earth system
models on long time scales. On decadal time scales they find strong temporal variations in
the TCRE due to non-COs forcers.

MacDougall and Friedlingstein (2015) suggest that for constant COs emission rates, the
cumulative airborne fraction is approximately constant over time and that the constancy
of the TCRE is due to the cancellation within the physical response of the climate system.
They argue that the decline in ocean heat flux rate over time and diminished radiative
forcing per unit atmospheric CO4 increase have opposite effects on temperature and cancel
each other out. A constant cumulative airborne fraction does not seem plausible as this
would imply a constant temperature change per unit change in atmospheric COs which has
been shown to not be the case (Gregory et al., 2015). Other studies using the same climate
model further showed an increase in cumulative airborne fraction over time, especially for
higher constant emission rates (Herrington and Zickfeld, 2014; Leduc et al., 2015). For ex-
ponentially increasing CO9 emission rates over time, MacDougall and Friedlingstein (2015)
suggest that while emission rates increase the ocean heat uptake rate increases, which has
a cooling effect, and the ocean carbon uptake fraction (change in ocean carbon per cumu-
lative emissions) declines, which leads to a higher cumulative airborne fraction of COy and
thus higher radiative forcing and more warming. They conclude that their finding supports
the hypothesis of the TCRE being constant due to ocean heat and carbon fluxes being
governed by the same process of deep ocean mixing. However, the role of ocean heat flux
in the constancy of the TCRE is not addressed in depth.

The commonly given hypothesis of the same mechanism governing ocean heat and carbon
fluxes causing an approximately constant TCRE can be questioned as there are important
differences in the location and magnitude of ocean heat and carbon fluxes and the processes
by which they are affected. For example, under a warming climate, changes in ocean circu-
lation affect ocean heat storage more strongly than ocean carbon storage because changes
in ocean circulation shift ocean heat uptake to higher latitudes, which increases the cooling
effect of the heat flux. Global redistribution of ocean carbon, on the other hand, has no
effect on ocean carbon uptake (Winton et al., 2013). This is partially due to the different
boundary conditions for ocean heat and carbon uptake; atmospheric surface temperature
has a strong meridional gradient whereas atmospheric CO» is equally distributed over the
globe. Furthermore, only ocean carbon flux is directly affected by marine biology and car-
bonate chemistry. Additionally, the sea-air equilibration time scale is around nine month
for carbon but only less than a month for heat (Frolicher et al., 2015).

In order to gain further understanding of the physical and biogeochemical processes deter-
mining the constancy of the TCRE the effect of ocean mixing parameterization on ocean

heat and carbon fluxes and in turn on the TCRE is explored in this study. This also enables
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an investigation of the hypothesis that the TCRE is approximately constant due to ocean
heat and carbon fluxes being governed by the same deep ocean mixing. Ocean mixing from
small-scale circulation processes, that cannot be resolved in climate models, must be pa-
rameterized. Changing this ocean mixing parameterization will affect how tracers, such as
heat and carbon, are distributed within the ocean and at the ocean surface, which in turn
affects ocean heat and carbon uptake. This study will also explore the sensitivity of the
TCRE to ocean mixing, which may be helpful in explaining the differences in the TCRE
between models.

Section 3.2.1 describes the model used, Section 3.2.2 introduces the performed simulations,
and 3.2.3 explains the analytic framework applied to the simulation results. The results of
the model simulations are presented in Section 3.3, including a discussion of the effect of
ocean mixing on ocean heat and carbon fluxes, differences in the TCRE between mixing

settings, and the temporal evolution of the TCRE. Section 3.4 presents our conclusions.

3.2 Methods

3.2.1 Model description

For this study the University of Victoria Earth System Climate Model, version 2.9 (UVic
ESCM 2.9) was used. It consists of the following coupled components: a fully dynamic ocean
circulation model, an energy-moisture balance atmosphere model, a dynamic-thermodynamic
sea ice model, and a land surface and terrestrial vegetation model. It also includes land,
ocean, and ocean sediment carbon cycle components. All components have a resolution of
1.8°(meridional) x 3.6°(zonal). Due to the simple atmosphere, this model is considered to
be an Earth system model of intermediate complexity (Eby et al., 2009).

The atmosphere is represented by a vertically integrated energy-moisture balance model. Tt
includes water vapour feedback, planetary long wave feedback, and dynamic wind feedbacks
but no cloud feedbacks. Clouds are however represented in the atmosphere’s albedo.

The land is modelled via a simplified version of the land surface scheme MOSES (Met Office
Surface Exchange Scheme) (Meissner et al., 2003; Cox et al., 1999), which is coupled to the
dynamic vegetation model TRIFFID (Top-down Representation of Interactive Foliage and
Flora Including Dynamics) (Cox, 2001). The ocean is represented via the Geophysical Fluid
Dynamic Laboratory (GFDL) Modular Ocean Model (MOMv2.2), which is a 3D general
circulation model. It consists of 19 layers with variable thickness, ranging from 50 m at the
top to 518 m at the bottom, and a total depth of 5396 m (Weaver et al., 2001). The ocean
model is coupled to a dynamic-thermodynamic sea ice model, wherein sea ice is affected
by ocean dynamics, atmospheric wind fields and phase-transitions (Weaver et al., 2001).
Furthermore, the ocean module includes inorganic and organic carbon cycle components.
The inorganic carbon component mainly describes the change in inorganic ocean carbon

from of sea-air carbon flux and precipitation/evaporation, transport, and seawater carbon
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chemistry (Ewen et al., 2004). The organic cycling of carbon is modelled via a marine
ecosystem model that includes nutrient supply, phytoplankton, zooplankton, and detritus
(NPZD) (Schmittner et al., 2005). Sediment processes are represented using an oxic-only
model of sediment respiration (Archer, 1996).

Ocean mixing is described via momentum diffusivity (or viscosity) and tracer diffusivity
(Weaver et al., 2001). In the following, ocean mixing always refers to the mixing of tracers.
This tracer mixing can be described either in horizontal/vertical or isopycnal (along surface
of constant density)/diapycnal direction. Either a horizontal or an isopycnal-mixing scheme
can be used, which accounts for diffusion along isopycnals, also referred to as Redi diffusion.
A parameterization for meso-scale eddies (Gent & McWilliams thickness diffusion) (Gent
and Mcwilliams, 1990; Weaver et al., 2001) can be added to the isopycnal-mixing scheme.
The Gent & McWilliams thickness diffusivity accounts for mixing due to baroclinic insta-
bility in areas where isopycnals are tilted.

Due to isopycnal slope limitations in the ocean model, there is no practical difference be-
tween vertical and diapycnal mixing and so a vertical mixing scheme is always applied.
The vertical tracer diffusivity can be described with three different schemes: 1. vertically
and laterally constant, 2. increasing with depth but laterally constant (Bryan & Lewis
parameterization) (Weaver et al., 2001), and 3. tidal mixing scheme, where mixing due
to the dissipation of tidal energy at topography is added to constant background diffusion
parameter (Schmittner et al., 2005). The default option in the model is isopycnal mixing
with the Gent & McWilliams parameterization (diffusivities of 800 m2s™!) for meso-scale
eddies and Bryan & Lewis scheme for the vertical tracer diffusivity (diffusivity of 0.3-1.3
cm?s1) (Weaver et al., 2001).

3.2.2 Experiment design

Different model versions were generated by changing the ocean mixing parameterization for
tracer mixing (Table 3.1). The ocean mixing parameters are chosen to achieve an alteration
of the ocean fluxes that is as large as possible while keeping the model stable and not
necessarily to use parameters that closely reproduce observed ocean tracer distributions.
However, to ensure the model does not transition into a different ocean circulation state
we monitored the location of deep water formation. The default vertical mixing scheme in
the UVic ESCM is the Bryan & Lewis parameterization, which has lower vertical diffusivity
(ky) in the upper ocean and higher vertical diffusivity in the deeper ocean. When moving to
higher or lower parameter values, the shape of the curve of k,, over depth was maintained but
the curve was shifted to higher or lower values, by changing the values of the vertical mixing
parameter k, as shown in Table 3.1. Values were set to range between 0.1 cm?s~! (upper
ocean) and 1.5 cm?s~! (deep ocean) but the difference between lower and upper value of k,

was maintained. Different model versions were created by changing to a vertically constant
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mixing parameter and varying this parameter between 0.05 cm?s~! and 1.0 cm?s~! or by
using the tidal mixing scheme (Schmittner et al., 2005) in which the background diffusion
parameter (ky tidq1) was changed. The values for the background diffusivity in the tidal
mixing scheme were chosen based on Schmittner et al. (2009), Goes et al. (2010), and Ross
et al. (2012) with a range between 0.1 cm?s~! and 0.45 cm?s~!. Mixing along isopycnals
was also varied. The parameter for diffusion along isopycnals and eddy thickness diffusion
were changed individually and together between 400 m2s~! and 2400 m2s~!. Traditionally,
parameters for both mixing types were set to the same value. However, recent studies
suggest that the diffusion along isopycnals might be higher (as seen in measurements) than
the eddy thickness diffusion (Gnanadesikan et al., 2015a). Both, lower eddy thickness
diffusion and same values for both parameters are used in this study.

All model versions are spun up for 6000 years with prescribed constant atmospheric CO4
concentration at pre-industrial levels. Initialized from this pre-industrial equilibrium state,
all model versions are forced with a yearly 1% increase in atmospheric COs levels up to
a quadrupling of the pre-industrial atmospheric CO2 concentration (simulation years 0-
139), followed by constant atmospheric COy concentration (simulation years 140-1200). All
other anthropogenic and natural forcings were held constant at pre-industrial levels. As
atmospheric COgy levels were prescribed, CO2 emissions were diagnosed from the rate of
increase in atmospheric CO5 and land and ocean carbon fluxes.

For a comparison of the different climate states between the model versions the pre-industrial
global mean surface air temperature (SAT), maximum meridional overturning circulation
(MOC), and ocean carbon storage are given in Table 3.1. In the following all comparisons
are made to the values for the default mixing setting. Strongest changes occur under changes
in vertical mixing parameter, but not mixing scheme. Increased vertical mixing leads to a
higher global mean SAT, stronger MOC, and lower ocean carbon storage. A stronger MOC
leads to less sea ice, and a lower surface albedo, which in turns leads to higher temperatures.
Increased mixing along isopycnals leads to negligible change in ocean carbon storage, global
mean SAT, and MOC. Lower eddy thickness diffusivity leads to negligible changes in global
mean SAT, slightly decreased ocean carbon storage, and a slightly increased MOC. When
both mixing along isopycnals and eddy thickness diffusivity are increased global mean SAT
does not change but MOC decreases and ocean carbon storage increase. Effect of changes
in ocean mixing on the MOC are discussed in detail by Schmittner and Weaver (2001).
Though they used a different model, we observe similar effects of changes in mixing on the
MOC. At the end of the spin-up the global distribution of ocean heat uptake is similar
between model versions but the global distribution of ocean carbon uptake differs slightly
(see supplementary material, Figures 3.8 and 3.9). For low vertical mixing, irrespective of
the mixing scheme, carbon uptake into the ocean increases relative to the model version
with default mixing setting in the southern Pacific and Atlantic along a band between the

southern tip of Africa, S-America and Australia. But parallel to this band is also an increase
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of carbon flux into the atmosphere from the ocean. Outgassing of carbon decreases in the
equatorial Pacific with decreasing vertical mixing. Outgassing increases in the Southern

Ocean, south of Australia, under increased isopycnal diffusivity.

Table 3.1: Description of different model versions and their names as referred to in the
text and figures. Ay is the diffusivity along isopycnals, Aspraifr is the eddy thickness
diffusivity as introduced by Gent and Mcwilliams (1990), and k, is the vertical diffusivity.
Pre-industrial state of the different model versions are shown exemplarily for the following
variables: global mean surface air temperature (SAT), Meridional Overturning Circulation
(MOC) and the given values refer to the maximum of the stream function, Co is the total
ocean carbon storage.

Experiment A (%) Ayggrr (m?s™1)  vertical mixing scheme k, (cm?s™1) SAT (°C) MOC (Sv) Co (PgC)

default 800 800 Bryan & Lewis 0.3-1.3 13.39 21.6 37297
Ky, const0.05 800 800 vertically constant 0.05 12.89 9.8 37910
Ky, const0.3 800 800 vertically constant 0.3 13.33 21.4 37386
Ky, const1.0 800 800 vertically constant 1.0 16.67 32.3 36229
ky,B&.rlow 800 800 Bryan & Lewis 0.1-1.1 13.16 12.7 37919
ky, Bg L high 800 800 Bryan & Lewis 0.5-1.5 13.52 25.8 36820
Ky tidat0.1 800 800 tidal 0.1 13.15 14.4 37753
Ky tida10.2 800 800 tidal 0.2 13.32 19.3 37511
Ky tida10.45 800 800 tidal 0.45 13.49 25.8 36854
A,2400 2400 800 Bryan & Lewis 0.3-1.3 13.44 20.2 37300
Ainkar £400 800 400 Bryan & Lewis 0.3-1.3 13.44 23.9 37120
Ap Ay 1600 1600 1600 Bryan & Lewis 0.3-1.3 13.35 16.6 37596

3.2.3 Theoretical framework for the TCRE

In order to investigate which variables affect the TCRE and how these variables differ

between model versions we write the TCRE as:

AT ACy RF AT
TCRE = —— = —
CR CE CE ACy RF

(3.1)

where AC, is the change in atmospheric carbon in PgC, CE are the cumulative COq
emissions in PgC, RF is the radiative forcing in Wm™2, and AT is the change in global
mean surface air temperature in °C.

The airborne fraction of cumulative emissions (AC4/CE) can be rewritten as a function
of the ocean carbon uptake fraction (ACo/CE) and land carbon uptake fraction (ACr/CE)
using the carbon budget equation CE = AC4 + ACp + ACT, where ACp and ACy, are

the change in ocean and land carbon reservoirs:

ACy _ ACo AC
CE_1_<CE+CE> (32)
Using an energy balance equation for global mean temperature change:
AT =1/X(1 - i)RF (3.3)
B RF '
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where ) is the feedback parameter in Wm~2K~! and N is the net heat flux into the climate

system in Wm™2, the TCRE can be expressed as:

TCRE = (1 _ Ao +ACL> RE 1 (1 N ) (3.4)

CE AC4 A\ RF

The first term in Equation 3.4 is the cumulative airborne fraction, i.e., the fraction of
cumulative COg emissions that remains in the atmosphere and is not taken up by land and
ocean sinks. The second term, RF/AC, is the radiative forcing sensitivity to an increase in
COg in the atmosphere. The last term of Equation 3.4, 1/A(1-(N/RF)), is the temperature
sensitivity. If the radiative forcing is taken at the time of doubling of the pre-industrial
atmospheric COq, this term multiplied with the radiative forcing is the Transient Climate
Response (TCR). The TCR describes the physical response of the climate system to COg
forcing and is a useful metric to compare the physical response of different climate models.
Equation 3.4 shows the effect of ocean heat and carbon uptake on the TCRE. The TCRE
depends directly on ocean heat uptake but it also depends on the change in the land and

ocean carbon reservoirs, i.e., the integrals of the carbon fluxes in and out of these reservoirs.

3.3 Results and Discussion

3.3.1 Effect of ocean mixing on ocean heat and carbon fluxes in forced
simulations

Forcing the different model versions with increasing atmospheric COq levels results in differ-
ent heat and carbon fluxes between the model versions (see Figure 3.1a,b). In all simulations,
globally averaged ocean heat and carbon uptake increase while atmospheric COs levels rise
and decrease after atmospheric COs is stabilized. Increased vertical mixing leads to an
increase in ocean heat and carbon uptake as higher vertical mixing increases the rate of
mixing between the mixed layer and the deeper ocean (compare highest and lowest vertical
diffusion parameter for each mixing scheme, i.e., dark blue, dark purple, and green curves
to light blue, light purple, and light green curves in Figure 3.1a,b). Deep ocean water is
cold and less equilibrated with increasing atmospheric COs levels, thus heat and carbon
uptake increase. Increased ocean heat and carbon uptake and a less stratified ocean due to
increased vertical mixing have also been shown in other studies (Goes et al., 2010; Olson
et al., 2012; Schmittner et al., 2009). However, these studies only used the tidal mixing
scheme. If CO9 emissions are prescribed and atmospheric CO2 can evolve freely, increased
ocean heat and carbon uptake due to increased vertical mixing have been shown to con-
tribute equally to reduced warming (Schmittner et al., 2009). Correspondingly, decreased
vertical mixing results in decreased ocean heat and carbon uptake. Interestingly, ocean
heat and carbon uptakes correlate linearly with the vertical mixing parameter within each

mixing setting (Figure 3.2).
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Figure 3.1: Global mean ocean heat (a) and carbon (b) fluxes for the model versions with
different mixing settings, under increasing atmospheric COqy levels (year 0-139) and 50
years of constant atmospheric COs. Positive fluxes indicate uptake of heat or carbon by the
ocean, i.e., a flux from the atmosphere into the ocean. Global mean surface air temperature
change relative to year 0 (c) and cumulative COg emissions (d) for the different model
versions, under increasing atmospheric COq9 levels (year 0-139) and 50 years of constant
atmospheric COy. Model versions with higher ocean heat and carbon fluxes have lower
warming and stronger increases in cumulative emissions. Changes in vertical mixing (blue
and green curves) have a stronger effect on temperature change and cumulative emissions
than changes in mixing along isopycnals (yellow and red curves) compared to the default
setting (black curve).
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Figure 3.2: Ocean heat (a) and carbon (b) uptake at year 140 as function of vertical
mixing parameter k,. The black, blue, and pink lines are the linear correlations (ordinary
least square regression) between the ocean uptake and the mixing parameter for Bryan &
Lewis, vertically constant, and tidal mixing scheme, respectively. The r-square values are
0.99 (p<0.09) for all correlations except for the correlation of constant vertical mixing and
ocean heat uptake, where r-square is 0.91 (p=0.13). Therefore, the correlations are strong
and significant, except in the latter case.

Lower eddy thickness diffusivity leads to increased overturning circulation (Gnanadesikan,
1999) which leads to slightly increased ocean heat and carbon uptake compared to the de-
fault setting (compare yellow curve to black curve in Figure 3.1a,b). Increased diffusivity
along isopycnals leads to the smallest difference in heat and carbon uptake relative to the
default setting compared to changes in the other mixing parameters even though the rel-
ative changes in the diffusion parameter compared to the default setting are the strongest
for the parameter of diffusion along isopycnals. A slightly higher increase in ocean carbon
flux and slightly lower increase in ocean heat flux compared to the default setting can be
observed (compare red curve to black curve in Figure 3.1a,b). Changes in ocean heat and
carbon uptake, relative to the uptake in the default mixing setting, are opposite in sign
and the change in ocean carbon flux is stronger in magnitude than the change in ocean
heat flux. One possible explanation for lower ocean heat uptake compared to the default

setting under increased atmospheric COs is that increased mixing along isopycnals leads
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to a warmer surface ocean at higher latitudes, which in some areas leads to an increase in
ocean heat loss, especially in the north Atlantic. A meridional redistribution of temper-
ature in the surface ocean affects ocean heat flux but a redistribution of carbon does not
affect ocean carbon flux because atmospheric temperature has a meridional gradient and
atmospheric carbon is globally equally distributed. An explanation for the slight increase in
ocean carbon uptake could be changes in marine biology. Simulations with increased isopy-
cnal diffusivity show less carbon outgassing and increased net primary productivity rates
in the upwelling regions of the East equatorial Pacific, as more nutrients are available at
the surface. Thus the increase in globally averaged ocean carbon uptake could be explained
with changes in ocean biology, which only affects ocean carbon but not ocean heat uptake.
Increased ocean carbon uptake under increased diffusivity along isopycnals, partially due to
increased biological carbon storage, has also been found in another study using a complex
earth system model (Gnanadesikan et al., 2015b).

Increasing both mixing along isopycnals and eddy thickness diffusivity (simulation
ApAiprarp1600) leads to a decline in both ocean heat and carbon uptake. Assuming that
changes in ocean heat and carbon uptake due to variations in the eddy thickness diffusivity
are symmetric, increased eddy thickness diffusivity would lead to decreased ocean heat and
carbon uptake, but increased diffusion parameter along isopycnals leads to lower ocean heat
uptake and higher ocean carbon uptake. The changes in ocean heat and carbon uptake in
ApAgnrar 11600 show that changes in the eddy thickness diffusivity outweigh changes in the
diffusion parameter along isopycnals. This result agrees with another study (Gnanadesikan
et al., 2015b).

Our results suggest that changes in eddy thickness diffusivity, vertical mixing parameter
and/or vertical mixing scheme scale ocean heat and carbon uptake up or down but do not

significantly affect the temporal evolution of the uptake.

3.3.2 Effect of different mixing settings on the TCRE

Differences in ocean heat and carbon uptake lead to different TCRE values between model
versions. Higher ocean heat uptake leads to less surface air warming because more heat is
taken up by the ocean. This can also be seen in Equation 3.3. Higher ocean carbon uptake
leads to higher cumulative emissions because if more carbon is taken up by the ocean, more
carbon can be emitted in order to reach the same atmospheric CO4 level.

For both higher vertical mixing and lower eddy thickness diffusivity, ocean heat and carbon
uptake increase, resulting in a lower temperature change and higher cumulative emissions
(see Figure 3.1c¢,d). As the TCRE is defined as temperature change per cumulative emis-
sions, TCRE values decrease for these mixing changes (see Figure 3.3b). Lower vertical
mixing leads to higher TCRE values because the effects of changes in vertical mixing are
symmetric. Increased isopycnal diffusivity leads to a marginally lower increase in heat flux

and a slightly stronger increase in ocean carbon flux. This leads to a marginally stronger
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Figure 3.3: a) Global mean surface air temperature change (as shown in Figure 3.1c) versus
cumulative COq emissions over the time period of increasing CO2 concentration (simulation
years 0-139). The slope of the curves is the TCRE, with a steeper slope indicating a higher
TCRE value. The dashed lines are hypothetically constant TCRE values, using the TCRE
value at the time of doubling atmospheric COz levels. b) Temperature change (relative to
simulation year 0) at time of doubling of COsg, referred to as transient climate response
(TCR), versus the cumulative airborne fraction (AF) at the time of COs doubling for
different model versions. ¢) Ocean heat uptake efficiency &, defined as ratio of net heat flux
into the climate system (note that the latter is different from the ocean heat flux shown in
Figure 3.1, which is averaged over the surface area of the ocean rather than the entire Earth
surface) to global mean surface air temperature change, over time. The efficiency is only
shown for 60 years after quadrupling of atmospheric COs is reached for readability reasons
but the efficiency continues to decline for all model version under constant atmospheric
COg. The grey bar indicates the CMIP5 ocean heat uptake efficiency range (Kuhlbrodt and
Gregory, 2012) and the crosses indecate the ocean heat uptake efficiency, both calculated
via a ordinary least squares regression between net heat flux into the climate system and
global mean surface air temperature change over the first 70 simulation years.

warming and slightly larger cumulative emissions. In total the TCRE is lower, thus the
increase in cumulative emission dominates over the increase in warming (compare black
line to red line in Figures 3.1, 3.3a).

The total range of the TCRE for all model versions at the time of CO2 doubling is 1.2-
2.1°CEgC~!. Changes in the vertical mixing parameters (Figure 3.3a, green, blue, and
purple curves) have a much stronger effect on the TCRE than changes in isopycnal mixing
even though relative changes in the mixing along isopycnals are 300% (relative to the de-
fault value of Ap) and 200% for vertical mixing (relative to the center value of k,,const).
A stronger effect on ocean variables from changes in vertical mixing than from changes in
isopycnal mixing are plausible as changes in vertical mixing have a strong effect on the
density structure of the ocean.

This range in the TCRE is similar to the range in TCRE for CMIP5 models of 0.8-
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2.4°CEgC™! (Gillett et al., 2013) and the most likely range of 0.8-2.5°CEgC~! given in
the Fifth Assessment Report of the IPCC (Collins et al., 2013). However, this should not
imply that the TCRE spread between CMIP5 models is solely caused by variations in ocean
mixing parameterization as a number of aspects, specifically in biogeochemical processes
and the climate feedback parameter, are involved in the CMIP5 model TCRE range (Mac-
Dougall et al., 2017).

Plotting the temperature change at the time of doubling COs, a measure also referred to as
Transient Climate Response (TCR), versus the airborne fraction of cumulative COg emis-
sions (AF) at the time of doubling COs, gives insights into the contribution of changes in
the physical and the biogeochemical parts of the climate system towards the changes in the
TCRE (see Figure 3.3b). The TCR is a measure of the physical response of the climate
system to rising COq levels and is affected by the effect of ocean heat flux on temperature
and physical climate feedbacks. The AF is affected by both marine and terrestrial biogeo-
chemical processes, and thus is a measure of the biogeochemical response of the climate
system. The boxes in Figure 3.3b representing AF and TCR for each model version are
nested. This means that changes in the TCR and in the AF, i.e., variations in physical and
biogeochemical processes between model versions, affect variations in TCRE in the same
direction. The exceptions are changes in the mixing along isopycnals, as under this mixing
setting changes in the TCR are smaller and opposite in sign compared to changes in the
AF. This goes along with minimal changes in the ocean heat uptake and slightly stronger
changes in ocean carbon uptake (see Figure 3.1a,b red curve) for increased diffusivity along
isopycnals.

The ocean heat uptake efficiency, defined as the ratio of net heat flux into the climate system
to change in global mean surface air temperature, is another factor affected by ocean mixing.
A decrease in ocean heat uptake efficiency means an increase in the TCR (Kuhlbrodt and
Gregory, 2012) and thus the TCRE. The ocean heat uptake efficiency increases for higher
vertical mixing, and for lower eddy thickness diffusivity (Figure 3.3c), which corresponds
to a decreased TCR and TCRE (Figure 3.3a,b). Kuhlbrodt and Gregory (2012) link a high
ocean heat uptake efficiency to a less stratified ocean as more heat can be transported into
the deeper ocean. This link holds true for both increased vertical mixing and decreased eddy
thickness diffusivity. Decreased eddy thickness diffusivity leads to steeper isopycnal layers,
especially in the Southern Ocean, and thus a weak stratification. The efficiency range given
by Kuhlbrodt and Gregory (2012) is 0.27-0.83 Wm~2 °C~!, which is calculated as ordinary
least squares regression between net heat flux into the climate system and global mean sur-
face air temperature change over the first 70 years of a 1% CO; increase simulations. We
find a range of 0.54-1.17 Wm—2 °C~! for an efficiency calculated the same way as for the
CMIP5 models, with a value of 0.82 Wm ™2 °C~! for the default mixing setting (Figure 3.3c).
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3.3.3 Evolution of the TCRE over time

Even with strong changes in ocean mixing parameters, the relationship between global mean
temperature change and cumulative emissions remains close to linear within each mixing
setting (see Figure 3.3a). However, when looking at how the TCRE evolves over time, the
TCRE is not constant while atmospheric COsz increases (up to 20% divergence from time-
mean TCRE value) in our model, but it is approximately constant (maximum 5% divergence
from time-mean TCRE value) while atmospheric CO2 is constant (see Figure 3.4a). Our
finding of a non-constant TCRE under increasing CO2 concentration differs from the finding
by Matthews et al. (2009) despite using the same model and prescribing a 1% atmospheric
COg increase because we apply a tighter definition of constancy and increase the time scale
of our simulations beyond 70 years. Considering a longer time scale emphasizes variation
when the TCRE is plotted over time (compare Figure 3.4a in this chapter and Figure 2a in
Matthews et al. (2009)). To further investigate which parts of the climate system contribute
to the constancy of the TCRE over time or lead to divergence from a constant value, we
consider the separation of the TCRE into the three terms given in Equation 3.1. The first
term in Equation 3.1, the cumulative airborne fraction AF (AC4/CE), is determined by
the response of the ocean and land carbon sinks. The second term in Equation 3.1 is the
radiative forcing per unit change in atmospheric carbon (RF/AC ), which expresses the
radiative properties of COy. This term, referred to as radiative sensitivity from here on,
follows a logarithmic relationship as the radiative forcing depends logarithmically on atmo-
spheric COg levels. The third term in Equation 3.1 is the temperature sensitivity (AT/RF),
i.e., the amount of warming per unit radiative forcing. This sensitivity depends on climate
feedbacks and ocean heat uptake and can be analytically described by the last two terms
in Equation 3.4.

Equation 3.1 is applied to the simulations results in order to investigate the time de-
pendency of AF, radiative sensitivity, and temperature sensitivity and their role in the
constancy of the TCRE. The discussion of the temporal evolution of AF, radiative sensitiv-
ity, temperature sensitivity, and the TCRE is separated in 1) the time period of increasing
atmospheric CO9 concentration (simulation year 0-139), and 2) the time period of constant
atmospheric COg concentration (simulation year 140-1200), when the system equilibrates

to a new state and CQOg emissions are very low.

Increasing atmospheric COs concentration For all mixing settings the AF reaches a
minimum and then increases again (see Figure 3.5a). It almost instantly reaches a value
of around 0.7 and then declines to 0.5 at around year 40 and increases again to around
0.55-0.7. The AF can be expressed in terms of ocean and land uptake fraction, i.e., the
fraction of cumulative CO2 emissions absorbed by the land/ocean (see Equation 3.2). The

ocean carbon uptake fraction increases strongly at the beginning of the simulations and
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Figure 3.5: Variation of the terms of the TCRE over time: AC,4/CE (cumulative airborne
fraction), RF/AC, (radiative sensitivity), and AT/RF (temperature sensitivity), where
AC, is the change in atmospheric carbon burden, CE are the cumulative COs emissions,
RF is the radiative forcing, and AT is the global mean temperature change.
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Figure 3.6: Ocean carbon uptake fraction (ACo/CE), land carbon uptake fraction
(ACr/CE), and cumulative airborne fraction (AC,4/CE) over time. AC4 o1, is the change
in atmospheric, ocean, and land carbon, respectively, and CE are the cumulative COq
emissions.

then declines slightly (see Figure 3.6a). In contrast, the land carbon uptake fraction first
increases over time and then declines strongly (see Figure 3.6b) due to saturation of land
carbon sinks. The saturation of the land carbon sinks can be explained with climate-carbon
cycle feedbacks, such as decreased net primary productivity in lower latitudes due to high
temperatures or increased soil respiration under rising temperatures (Friedlingstein et al.,
2006; Zickfeld et al., 2011). Thus, variations in the AF over time within each model ver-
sion are mostly caused by the increase and decline of the land carbon uptake fraction. It
should further be noted that the ocean carbon uptake fraction varies significantly between
model versions but the land carbon uptake fraction has only small variations between model
versions. The land carbon uptake fraction does vary between model versions because the
temperature differs, which has an effect on vegetation growth and soil respiration and in
turn on land carbon uptake.

In contrast to the AF, radiative and temperature sensitivities decrease/increase monotoni-
cally. The radiative sensitivity declines over time (see Figure 3.5,b) as the rate of increase in
radiative forcing declines with increasing CO» levels. The temperature sensitivity increases
over time (see Figure 3.5¢). Using Equation 3.3, this can be explained with a decrease of
heat flux into the ocean per unit radiative forcing. Thus over the time of increasing atmo-
spheric CO9, AF, radiative sensitivity, and temperature sensitivity vary. The variations in
these three terms do not compensate each other very well, resulting in the TCRE increas-
ing first for one or two decades and then decreasing over time (see Figure 3.4a). While the

TCRE increases, the increase in temperature sensitivity dominates, as the other two terms
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Figure 3.7: Terms in the equations for TCRE (Equation 3.4) affected by ocean heat and
carbon fluxes. a) One minus the ratio of net heat flux into the climate system (N, note that
it differs from the ocean heat flux shown in Figure 3.1, which is averaged over the surface
area of the ocean rather than the entire Earth surface) and radiative forcing (RF); one minus
ACo/CE, the ocean carbon uptake fraction, or (ACo + ACL)/CE, the combined carbon
uptake fraction for land and ocean. b) Terms in the equations for the TCRE containing
ocean heat flux and ocean carbon flux, the latter one indirectly via ACp (change in ocean
carbon).

of the TCRE decline over that time frame. As the TCRE starts declining, the decline in
radiative sensitivity becomes dominant.

As all three terms of the TCRE vary, it could still be that the terms affected by ocean
heat and carbon uptake cancel each other out. However, this is not the case (see Figure
3.7). The decline in heat flux per radiative forcing dominates over the increase in ocean
carbon uptake fraction or land and ocean carbon uptake fraction added together (see Figure
3.7a, showing the terms containing ocean heat flux per radiative forcing and carbon uptake
fractions which are opposite in sign to ocean heat flux per radiative forcing and carbon
uptake fractions). Therefore, both terms of the TCRE containing ocean heat and carbon
flux together, i.e., multiplied with each other, increase while atmospheric CO5 increases
(see Figure 3.7b) and the effects of ocean heat and carbon uptake on the TCRE do not
compensate each other.

The result that all three responses in the TCRE vary is consistent with the findings by
MacDougall and Friedlingstein (2015) for exponentially increasing emission rates (the sim-

ulations presented here also have increasing emissions rates).
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Constant atmospheric COy concentration While atmospheric CO3 levels are constant
(year 140-1200) the radiative sensitivity is constant, the cumulative AF declines, and the
temperature sensitivity increases (see Figure 3.5). The cumulative AF changes mostly due
to an increase in the ocean uptake fraction; the land uptake fraction exhibits only minimal
variations over time while atmospheric CO; levels are constant (see Figure 3.6). The TCRE
abruptly increases at year 140 (see Figure 3.4a) because the emission rates change abruptly
from increasing emission rates of up to 30 PgCyr~! to close to zero emissions. After an
adjustment time of about a decade the TCRE is approximately constant (see Figure 3.4a)
due to a compensation between the decline in AF and the increase in temperature sensi-
tivity. The AF only varies due to changes in ocean carbon uptake and the temperature
sensitivity changes only due to changes in the ocean heat flux (see Equation 3.4). Ocean
carbon uptake declines, which leads to a less strong increase in the ocean carbon uptake
fraction and thus a decrease in the airborne fraction. The decrease in ocean heat uptake
leads to a stronger increase in temperature change and thus an increase in the tempera-
ture sensitivity. Hence the effects of ocean heat and carbon uptake have opposite effects
on the TCRE. This suggests that the approximate constancy of the TCRE is caused by
the compensation of the terms of the TCRE including ocean heat and carbon fluxes (see
Equation 3.4 and Figure 3.7). This compensation is independent of whether land carbon
uptake is taken into account or not because the land uptake fraction does not change over
time. The constancy of the land uptake fraction, however, may be model dependent. These
results agree with the findings by Goodwin et al. (2015) and confirm the hypothesis that
the compensating effects of ocean heat and carbon flux on the climate system lead to an
approximately constant TCRE over time.

That ocean heat and carbon uptakes compensate each other despite the differences between
them indicates that those differences (listed in the introduction in detail and summarized
below) have secondary effects under constant atmospheric CO2 concentrations. The time
scales of air-sea equilibration are nine month for carbon but less than a month for heat.
Both equilibration time scales are short compared to the decadal to centennial timescales
considered in this study. The effects of ocean biology and solubility on ocean carbon uptake
are difficult to diagnose but these effects appear to be relatively small while atmospheric
COs is constant. The effect of changes in ocean circulation on redistribution of heat and
carbon and in turn on their air-sea fluxes together with the differences in the atmospheric
boundary conditions could be small under constant forcing. However, this effect could play
a role under increasing atmospheric CO2 concentration where the effects of ocean heat and
carbon uptake do not cancel each other out. It should be noted though that the effect of
changes in ocean circulation on ocean heat uptake may be smaller in the UVic ESCM than in
atmosphere ocean general circulation models (AOGCMs) as changes in cloud cover increase
the cooling effect from changes in ocean heat uptake due to changes in ocean circulation
(Trossman et al., 2016) and the UVic ESCM does not include changes in clouds. Thus it
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could be that in AOGCMs the TCRE is not constant under constant forcing, at least while
there is still an effect from changes in ocean circulation, as these changes in ocean circula-
tion have a stronger effect on the ocean heat uptake than ocean carbon uptake and their
effects on temperature (Winton et al., 2013). For example, Frolicher and Paynter (2015)
show a non-constant TCRE for the Earth System Model (ESM) from the Geophysical Fluid
Dynamics Laboratory (GFDL) from direct simulations and for other CMIP5 AOGCMs by

temporally extending CMIP5 simulations using a theoretical approach.

The paragraphs above discuss to which extent and why the TCRE remains approxi-
mately constant over time within each mixing setting. Temporal variations in the TCRE,
and compensating mechanism leading to an approximately constant TCRE over time while
atmospheric COg is constant, remain surprisingly consistent across model versions (see Fig-
ures 3.4a and 3.5). In order to further test whether variations in mixing parameters cause
compensating variations in ocean heat and carbon fluxes such that the TCRE remains
constant, the TCRE is calculated using global mean temperature change from one model
version and cumulative emissions from a different model version. We sampled over all pos-
sible combinations of temperature change and cumulative emissions (see Figure 3.4a, grey
shading) in such a way that for each ratio between temperature change and cumulative
emissions, heat and carbon fluxes are affected by different ocean mixing settings. We find
that the temporal evolution of the TCRE does not change significantly (see Figure 3.4a,
grey shading, 3.4b) despite temperature change being affected by e.g. low ocean heat flux
and cumulative emissions being affected by high ocean carbon flux or vice versa. The time
derivative of the TCRE (see Figure 3.4b) is used as a measure of the constancy of the
TCRE over time. This derivative is largely insensitive to whether temperature change and
cumulative emissions are taken from the same or different model versions because the rate
of change of the AF and the temperature sensitivity over time are similar enough between
mixing settings (curves in Figure 3.5a,c are approximate multiples of each other). These
similarities in the temporal evolution of the AF and the temperature sensitivity between
model versions with different mixing setting suggest that changes in ocean heat and car-
bon fluxes scale linearly with changes in vertical diffusivity (which have the largest effect on
ocean heat and carbon fluxes). We show a linear correlation between ocean heat and carbon
uptake and vertical diffusivity within each vertical mixing scheme (Figure 3.2). This leads
to higher (lower) ocean heat and carbon uptake and lower (higher) global mean tempera-
ture change and higher (lower) cumulative emissions, but does not affect the trajectories of
these variables. Therefore, the magnitude of the TCRE is affected if temperature change
and cumulative emissions are taken from different simulations but the TCRE remains ap-
proximately constant over time. This linear scaling between diffusivities and ocean heat and
carbon fluxes might be specific to the UVic ESCM as mixing parametrization and effects

on the fluxes may vary.
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3.4 Conclusion

Different model versions of the University of Victoria Earth System Climate Model are
generated by changing the ocean mixing parameterization. These model versions are forced
with a 1% per year increase in atmospheric CO2 until quadrupling of the pre-industrial
CO4 concentration and constant concentration thereafter. Despite significant changes in
ocean mixing between model versions, the relationship between temperature change and
cumulative emissions remains close to linear within each model version (see Figure 3.3a).
However, the magnitude of the TCRE differs between model versions with a total range
of the TCRE at the time of COy doubling of 1.2-2.1°CEgC~!. These differences in the
TCRE are due to changes in both the physical and biogeochemical response of the system
as the two components of the TCRE, the AF at the time of COs doubling and the TCR,
change in the same direction in each model version, i.e., a larger AF is associated with a
larger TCR and vice versa (see Figure 3.3b). Variations in the vertical ocean mixing lead to
stronger changes in heat and carbon fluxes, and thus in the TCRE, than changes in mixing
along isopycnals (see Figure 3.1a,b). Therefore, constraining the vertical ocean mixing pa-
rameterization could help constrain the TCRE. Thus a next step could be to run historical
simulations with the different model versions, in order to compare them to observational
data such as surface air temperature data or ocean tracer distributions.

The TCRE is approximately constant while atmospheric CO5 concentrations are constant
(5% variation from mean TCRE value) but it is not constant (up to 20% deviation from
mean TCRE value) while atmospheric COq increases (see Figure 3.4a). Separating the
TCRE into AF, radiative sensitivity (radiative forcing per unit change in atmospheric CO3),
and temperature sensitivity (temperature change per unit radiative forcing), reveals that all
three sensitivities vary while atmospheric CO2 concentration increase but changes in tem-
perature sensitivity and AF compensate each other in all model versions while atmospheric
CO2 concentrations are held constant (see Figure 3.5). This compensation is due to the
compensating effects of ocean heat and carbon fluxes on the TCRE. The TCRE remains
approximately constant even if the temperature sensitivity and AF, which are determined
by ocean heat and carbon fluxes respectively, are taken from model versions with different
ocean mixing settings. This could be explained with temperature sensitivity and AF hav-
ing similar trajectories under different mixing settings. This suggests that changes in ocean
heat and carbon fluxes scale linearly with changes in vertical mixing (see Figure 3.2). The
effects of changes in mixing along isopycnals on ocean heat and carbon fluxes, and in turn
on temperature sensitivity and AF, are too small to affect the temporal constancy of the
TCRE.

In summary, the responses of ocean heat and carbon fluxes do not compensate each other
very well and the TCRE is not constant while atmospheric CO2 concentrations increase,

or more generally while emission rates vary strongly, but is approximately constant while
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atmospheric COsy is constant. This constancy of the TCRE arises due to compensating ef-
fects of ocean heat and carbon fluxes. The land carbon uptake plays only a minor role while
atmospheric COq concentrations are constant as the land carbon uptake fraction exhibits
only small variations. Thus for the case of constant atmospheric CO2 our findings confirm
the hypothesis that the evolution of ocean heat and carbon fluxes over time is similarly
determined by vertical mixing processes, leading to compensating changes in temperature

sensitivity and AF, and an approximately constant TCRE.

3.5 Supplementary material

Global distribution of ocean heat (Figure 3.9) and carbon (Figure 3.8) fluxes at the end of
the spin up simulations.
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Chapter 4

Irreversible ocean thermal
expansion under negative CO»

emissions

Abstract In the Paris Agreement in 2015 countries agreed on holding global mean surface
air warming well below 2°C but the emission reduction pledges under that agreement are
not ambitious enough to meet this target. Therefore, the question arises whether restoring a
state of the climate system related to this target after exceeding it by artificially removing
CO4 from the atmosphere is possible. One important aspect regards the reversibility of
ocean heat uptake and the associated sea level rise, which have very long (centennial to
millennial) response time scales. In this study the response of sea level rise due to thermal
expansion (TSLR) to a 1% yearly increase of atmospheric COy up to a quadrupling of
the pre-industrial concentration followed by a 1% yearly decline back to the pre-industrial
CO4 concentration is examined using the University of Victoria Earth System Climate
Model (UVic ESCM). We find that TSLR continues for several decades after the COq
concentration starts to decline and that sea level does not return to pre-industrial levels
centuries after atmospheric COs has returned to pre-industrial concentrations. This finding
is independent of the strength of vertical sub-grid scale ocean mixing. Furthermore, TSLR
rises faster than it declines in response to a symmetric rise and decline in atmospheric
COs concentration partly because the deep ocean continues to warm for centuries after
atmospheric COs returns to pre-industrial concentrations. Both rise and decline rate in sea
level change due to thermal expansion increase with increasing vertical mixing. FExceptions
from this behaviour arise if the overturning circulation in the North Atlantic and Southern
Ocean intensifies beyond initial levels stronger in model versions with lower vertical mixing,

which leads to rapid cooling of the deep ocean.
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4.1 Introduction

Policy makers agreed to “Holding the increase in the global average temperature to well
below 2°C above pre-industrial levels and pursuing efforts to limit the temperature increase
to 1.5°C above pre-industrial levels” under the Paris Agreement in 2015 (Paris Agreement,
2015). But the national pledges under this agreement are not sufficient to meet this target
(Peters et al., 2015; Rogelj et al., 016a). At the same time, global mean temperature would
remain elevated even if all CO2 emissions were to cease (Matthews and Caldeira, 2008;
Gillett et al., 2011; Matthews and Zickfeld, 2012; Zickfeld et al., 2013), implying that the
mere cessation of emissions would not enable recovery of a warming target after exceeding
it. Therefore, the idea has been discussed of artificially removing CO» from the atmosphere,
a measure referred to as “negative emissions”, with a number of techniques such as refor-
estation or direct air capture (Smith et al., 2016). It should be noted though that none
of these techniques has yet been applied on a large scale (Fuss et al., 2016; Smith et al.,
2016). However, most future scenarios not exceeding the 2°C warming target include such
negative emissions and show a peak and decline in atmospheric COs stronger than would be
observed from only zeroing emissions (Smith et al., 2016). For example, the only Represen-
tative Concentration Pathway not exceeding 2°C, RCP 2.6, includes negative CO2 emissions
(Meinshausen et al., 2011). This decline of the radiative forcing induced by negative COq
emissions raises the question of reversibility of anthropogenic climate change, i.e., to what
extent it is possible to revert to either a pre-industrial climate or another warming target
such as 2°C and the related climate state by artificially removing COs from the atmosphere.
Previous studies have shown that global warming is reversible on human time scales but
lags the COg decline due to the ocean’s thermal inertia (Boucher et al., 2012; Tokarska and
Zickfeld, 2015; Zickfeld et al., 2016). Other aspects, such as precipitation or sea ice, also de-
cline but lag the temperature response (Boucher et al., 2012). The effectiveness of negative
emissions to lower atmospheric CO3 is impeded as COy outgases from natural carbon sinks
in reaction to the negative emissions. This outgassing increases with increasing negative
emissions, thus negative emissions become less effective the higher they get (Tokarska and
Zickfeld, 2015). The total negative emissions are higher than the total positive emissions for
reverting to the same COs concentration if the permafrost feedback, which accounts for ad-
ditional carbon emissions from thawing permafrost, is included (MacDougall, 2013). Higher
total negative than positive emissions, means that more carbon needs to be artificially re-
moved from the atmosphere than was initially emitted due to the hysteresis behaviour of
the permafrost carbon pool. Another important finding in the reversibility research under
negative emissions is that the approximately constant ratio between temperature change
and cumulative emissions differs between atmospheric COy increase and decline phases.
This difference would need to be taken into account when setting total allowable emissions

for a certain warming target after overshoot (Zickfeld et al., 2016).
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An important part of the climate system response is ocean heat uptake and the associ-
ated sea level rise. Previous studies found this thermosteric sea level rise to be irreversible
(i.e., sea level does not decline) on human (decadal to centennial) time scales even if large
amounts of negative CO9 emissions are applied (Boucher et al., 2012; Tokarska and Zickfeld,
2015). However, if longer time scales are taken into account, sea level rise due to thermal
expansion is reversible (Zickfeld et al., 2013). Bouttes et al. (2013) show reversibility of
thermal expansion on centennial time scales. By using a 2-layer ocean model they show
that the decline in thermosteric sea level in response to zeroed or negative radiative forcing
(with preceding positive radiaitve forcing) is due to a strong temperature decline in the
upper ocean relative to the deep ocean, which enables the release of heat. This decline in
thermosteric sea level cannot be explained with a zero-layer ocean model where the ocean is
modelled as an infinite heat sink, which cannot spontaneously release heat. Under negative
radiative forcing Bouttes et al. (2013) find that an Atmosphere Ocean General Circulation
Model (AOGCM) shows a faster ocean heat release than uptake. This asymmetric be-
haviour is not observed in the 2-layer model response because the heat release in this model
is determined by the temperature response of the upper ocean, which reacts instantly to a
change in radiaitve forcing. Thus the 2-layer model temperature response is the same for
positive and negative forcing, being solely opposite in sign. In the AOGCM, however, the
ocean has multiple layers with multiple time scales and under negative radiative forcing the
upper layers cool very fast, which creates such a strong temperature gradient between upper
and lower ocean that thermostric sea level declines faster than it rises. This asymmetry in
decline and rise is strengthened by an AMOC overshoot under the negative forcing (Bouttes
et al., 2015). However, a detailed explanation of the physical processes leading to a stronger
sea level change due to this AMOC overshoot is not given.

Zickfeld et al. (2017) investigate the mechanisms of thermosteric sea level rise and decline
induced by emissions of short-lived radiative forcing agents, such as methane, and the ces-
sation of those emissions. The thereby induced increase and decline in radiative forcing is
similar to the change in radiative forcing that can be induced by positive and negative COq
emissions as short-lived forcing agents decline relatively fast in the atmosphere after cessa-
tion of their emissions. Zickfeld et al. (2017) show that the rate of sea level change from
thermal expansion can be approximated with the difference between radiative forcing and
a term representing radiative damping to space, which corresponds to a zero dimensional
energy balance model. This model shows that a negative difference between radiative forc-
ing and GMSAT change scaled by the climate feedback parameter enables declining global
mean ocean temperatures and thus declining thermosteric sea level.

Herein, we further explore the physical mechanisms that determine the reversibility of ther-
mosteric sea level rise. In particular, we examine the sensitivity of the reversibility of
thermal expansion to parameterization of sub-grid ocean mixing. This is important be-

cause parameterization of sub-grid ocean mixing is still an uncertainty in climate models
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that strongly affects ocean heat uptake. Using a range of ocean mixing parameters also
enables further insights into the processes involved in the reversibility of thermal expansion
and the associated sea level change. We examine the reversibility of thermal expansion and
the processes involved in the context of symmetrically increasing and decreasing COs con-
centrations, as opposed to Bouttes et al. (2013, 2015) who focus mostly on the mechanisms
under negative radiative forcing.

The model used for this study is a model of intermediate complexity, which enables simula-
tions on long time scales. Section 4.2 describes this model and the simulations performed.
The results of these simulations are presented in Section 4.3 and discussed in Section 4.4.

In Section 4.5 the conclusion from those results are drawn.

4.2 Model and Simulations

4.2.1 Model

Simulations for this study were performed using the University of Victoria Earth System
Climate Model, version 2.9 (UVic ESCM 2.9). The physical model consists of an atmo-
sphere energy balance model, a general circulation ocean model, an ocean sediment model,
and a land surface scheme. All components include coupled carbon cycle descriptions and
have a resolution of 1.8°(meridional) x 3.6°(zonal). UVic ESCM is a model of intermediate
complexity. The model does not include an ice sheet model and we only discuss the sea
level rise due to thermal expansion of the ocean in the following sections.

The atmosphere model is a vertically integrated energy-moisture balance model, which
includes dynamic wind, planetary long wave, and water vapour feedbacks. Clouds are rep-
resented in the albedo of the atmosphere but dynamic cloud feedbacks are not included.
The land is represented using a simplified version of the Met Office Surface Exchange Scheme
(MOSES) (Meissner et al., 2003; Cox et al., 1999), coupled to the dynamic vegetation model
TRIFFID (Top-down Representation of Interactive Foliage and Flora Including Dynamics)
(Cox, 2001).

The ocean is described with a three dimensional general circulation model with 19 vertical
layers. It is the Geophysical Fluid Dynamic Laboratory (GFDL) Modular Ocean Model
(MOM) (Weaver et al., 2001), which is coupled to a dynamic sea ice model, a sediment
model, an inorganic carbon cycle model, and a marine biology model (Schmittner et al.,
2005). Sub-grid ocean mixing is described via momentum diffusivity (or viscosity) and
tracer diffusivity (Weaver et al., 2001). The following discussion focuses on parametrization
of tracer diffusivity and the term ocean mixing only refers to the diffusion of tracers. This
diffusion of tracers is parameterized as diffusion along isopycnals (surfaces of constant den-

Land

sity) and diffusion across isopycnals. The diffusivity along isopycnals is set to 800 m?s~
an additional parametrization is implemented to account for instabilities where isopycnals

are tilted. This additional parameter, referred to as Gent & McWilliams thickness diffu-
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sivity, is also set to 800 m?s~ 1.

Mixing across isopycnals (diapycnal mixing) is described
via a vertical mixing scheme as there is no practical difference between vertical and diapy-
cnal mixing due to isopycnal slope limitations in the ocean model. There are three vertical
mixing scheme options in the UVic ESCM 2.9: a vertically and laterally constant mixing
scheme, a depth-dependent but laterally constant (Bryan & Lewis) mixing scheme, and a
tidal mixing scheme, where mixing due to the dissipation of tidal energy over topography

is added to a constant background diffusion parameter (Schmittner et al., 2005).

4.2.2 Simulations

The UVic ESCM is spun up for 6000 years under pre-industrial (year 1800) conditions for
different model versions using different vertical ocean mixing parameter values and schemes
(Table 4.1). The range of mixing parameters is chosen to achieve the widest possible range
in ocean heat uptake while keeping the model stable and not necessarily to use parameters
that closely reproduce observed ocean tracer distributions. However, for the tidal mixing
scheme the range of background diffusivities was informed by studies that aimed at finding
a range that best fits tracer observations (Schmittner et al., 2009; Goes et al., 2010; Ross
et al., 2012). Mixing along isopycnals only entails small variations in ocean heat uptake
(Chapter 3) and is therefore set to the default value in all model versions.

The default setting has a Bryan & Lewis vertical mixing scheme and a diffusivity of 0.3
cm?s™! in the deeper ocean and 1.3 cm?s~! in the upper ocean. This range is shifted to
higher values of 0.5-1.5 cm?s—! (ky, g r,high) and lower values of 0.1-1.1 cm?s~! (ky, BgLlow)
while the vertical distribution within these ranges remains the same. The mixing scheme
was changed from Bryan & Lewis to a vertically constant mixing (ky const), where the dif-
fusivity was set to a value between 0.05 cm?s~! and 1.0 cm?s~!. Additionally, a tidal
mixing scheme is used (ky tgq1) and the background diffusivity was set to a value between
0.1 cm?s~! and 0.45 cm?s~ 1.

All model versions are run to a pre-industrial equilibrium and subsequently forced with
an idealized scenario of a 1% yearly increase in atmospheric CO5 concentration until qua-
drupling of the pre-industrial concentration (simulation year 140) followed by a 1% yearly
decrease until pre-industrial levels are reached (simulation year 280). The simulations are

continued with constant pre-industrial CO4 concentration for another 1120 simulation years.

4.3 Results

4.3.1 Reversibility of sea level rise

In this section we focus on the discussion of thermosteric sea level rise and decline for the

default ocean mixing setting (black curves in all figures with line plots) and Section 4.3.2
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Table 4.1: Description of different model versions and their names as referred to in the
text and figures. k, is the vertical diffusivity. The pre-industrial state of the different
model versions is shown exemplarily for the following variables: global mean surface air
temperature (SAT), Atlantic Meridional Overturning Circulation (AMOC) and the given
values refer to the maximum of the overturning stream function.

Experiment vertical mixing scheme k, (cm?s~1) SAT (°C) AMOC (Sv)

default Bryan & Lewis 0.3-1.3 13.39 21.6
ko, Bgrlow Bryan & Lewis 0.1-1.1 13.16 12.7
ko, B& high Bryan & Lewis 0.5-1.5 13.52 25.8
ky.const0.05 vertically constant 0.05 12.89 9.8
ky,const0.3 vertically constant 0.3 13.33 21.4
ky.const1.0 vertically constant 1.0 16.67 32.3
ky tida10.1 tidal 0.1 13.15 14.4
ky tidal0.2 tidal 0.2 13.32 19.3
Ky tida10.45 tidal 0.45 13.49 25.8

discusses the effect of different ocean mixing settings on this reversibility. Global mean
surface air temperature (GMSAT) declines shortly after a decline in COg is prescribed
(Figure 4.1a). Global mean thermosteric sea level (GMTSL) continues to rise for another
80 years until it starts declining (Figure 4.1b). The decline is much slower than the rise in
GMTSL despite a symmetrically increasing and decreasing atmospheric CO2 concentration.
To further investigate the mechanism of the GMTSL rise and decline we investigate ocean
temperature as a proxy for GMTSL as the depth profile of ocean temperature gives insight
into the distribution of heat in the ocean and will enable comparison with a simple ocean
model in Section 4.3.2. The choice of ocean temperature as a proxy for thermosteric sea
level rise is plausible as changes in global mean ocean temperature (GMOT) and changes
in GMTSL follow a similar temporal evolution (Figure 4.1b,c). The relationship between
temperature and density is not entirely linear in the ocean but the non-linear part is negli-
gible for the scope of this study.

The decline in global mean ocean temperature and thus GMTSL is very slow because the
warming signal from the previous increase in COs still penetrates into the deeper ocean cen-
turies after the radiative forcing has returned to zero and heat that entered the mid ocean is
mixed into the upper ocean very slowly (Figure 4.2a). Thus, despite a cooling of the upper
ocean, the deep ocean is still warming, except at high latitudes where the deep ocean cools
(Figure 4.3b). This cooling is likely associated with an intensification of deep and bottom
water formation, which overshoots the original value after CO9 concentrations return to
pre-industrial levels (Figures 4.6 and 4.7, these responses will be discussed in further detail
in Section 4.3.2). The decline in GMOT lags the decline in atmospheric CO2 concentration
and also the decline in global mean surface air temperature (GMSAT) to such an extent

that even by the end of the simulation (1120 years after returning to pre-industrial atmo-
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Figure 4.1: Changes in Global Mean Surface Air Temperature (a), Global Mean Ther-
mosteric Sea Level (b), and Global Mean Ocean Temperature (c) relative to year 0 over
time and change in GMOT versus radiative forcing. The first vertical grey line in panel a,
b, and c indicates the time of peak atmospheric COs concentration (quadrupling of pre-
industrial levels, year 140). The second grey line in panel b and c¢ indicates the time GMTSL
and GMOT reach maximum values. The third grey line in panel c is the time Figures 4.2
and 4.3 refer to year 1100.

spheric COy concentration) GMOT and thus thermosteric sea level have not returned to
pre-industrial levels. As seen in previous literature (Boucher et al., 2012), GMOT exhibits
hysteresis relative to change in radiative forcing as GMOT remains elevated despite zero

radiative forcing (Figure 4.1d).

Previously it has been assumed that GMTSL change is proportional to GMSAT changes
and thus to radiative forcing (Rahmstorf, 2007; Bouttes et al., 2013). However, this assump-
tion does not hold for declining radiative forcing (Bouttes et al., 2013) and Zickfeld et al.
(2017) therefore suggested the following relationship, which holds also under declining ra-
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Figure 4.2: Zonal and meridional average of change in ocean temperature relative to year
0 for the model version with default mixing setting for various points in time (a). Zonal
and meridional average of change in ocean temperature relative to year 0 for model versions
with different ocean mixing settings for year 140 (dashed curves, year of peak forcing) and
year 1100 (continuous curves, 3rd vertical grey line in figure 4.1c) for Bryan& Lewis mixing
scheme (b), constant mixing scheme (c), and tidal mixing scheme (d).

diative forcing:

dn

oI aRF — AT
where 7 is the sea level rise due to thermal expansion, RF is the radiative forcing, and AT
is the temperature change relative to a reference year. 5/« is equal to the climate feedback
parameter A in Wm~2K~! by analogy of the above equation with the zero dimensional
energy balance equation (i.e., dn/dtxRF-AAT). Applying this framework to the simulation
results discussed here shows that while GMTSL is rising (i.e., positive time derivative) the
radiaitive forcing is larger than AAT (Figure 4.4). However, when AAT is larger than
the radiative forcing, induced by the lag of the GMSAT decline relative to the decline in
radiative forcing, GMTSL declines. Thus the declines of GMOT and GMTSL are due to a

negative radiation imbalance at the top of the atmosphere.

4.3.2 The effect of ocean mixing on sea level rise and its reversibility

In this section we discuss the effect of different parameters for vertical ocean mixing on
GMTSL rise and decline and identify the mechanisms that lead to the differences in GMTSL

among model versions with different vertical mixing parameters.
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Figure 4.3: Zonal average change in ocean temperature for year 1100 relative to year 0 for
the different model versions. Each row shows results for one mixing scheme (Bryan&Lewis
mixing, constant mixing, tidal mixing in the 1st, 2nd, and 3rd row, respectively) and the
vertical diffusivity increases from left to right.

Under increasing COy concentrations, GMTSL rises faster with increasing vertical mixing
parameter (Figure 4.1b,c). Peak GMTSL, which occurs around year 220 (80 years after
atmospheric COgq started declining), ranges between 0.45 m and 0.80 m. Similarly to the
increase, GMTSL and GMOT also decrease faster under increased vertical ocean mixing,
with exceptions for k, e rhigh and ki +idq;0.45 simulations (Figure 4.1b,c). In these sim-
ulations, GMOT decrease rate is similar to the rate in model versions with lower mixing
parameters. The causes for this behaviour will be discussed later in this section.

In most cases a higher decline rate of GMOT for a model version with higher vertical diffu-
sivity results in a crossover of the GMOT curves (Figure 4.1b,c): for example, the k, pg rlow
simulation has a slower ocean warming than the default simulation between year 0 and year
900. However, the rate of ocean temperature decline is higher in the default simulation than
in the k, pgrlow simulation, leading to a crossover of these two ocean temperature curves,
and from around year 900 on the default simulation has lower ocean temperatures and thus
a lower GMTSL.
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Figure 4.4: Energy balance terms calculated from the simulation data of the model version
with default mixing setting. B/a = A =1 Wm2K~! is the climate feedback parameter
for the default mixing setting. AT is the change in global mean surface air temperature
relative to year 0 and RF is the radiaitve forcing. Panel (b) compares the energy imbalance
(blue y-axes and curve) to the rate of Global Mean Thermosteric Sea Level rise (red y-axes
and curve).

This behaviour of faster GMOT increase and decline rates under higher mixing, including
the crossover of the GMOT curves, can be explained with a 2-layer ocean model (Figure
4.5a). This model consists of an upper ocean layer and a deep ocean layer (Gregory, 2000;
Bouttes et al., 2013). The upper layer is thin (depth d,, 100 m) and responds immediately
to changes in forcing because it has a small heat capacity. The lower layer is thick (depth
d; 2000 m), has a high heat capacity, and thus provides the inertia of the ocean response.
The heat flux between the upper and lower layer is proportional to the temperature differ-
ence between these layers. The temperature for each layer (T, temperature upper layer, T

temperature lower layer) can be calculated using the following equations:

dT, (T, — Ty)
dy 2 —RF — k2" TU 3,
g =RE = R e+ )
T, T, —Ti
ed, Mt _ o )

dt 0.5(d; + dy)

where c= 4.218%10% Jm 3K~ is the volumetric heat capacity, k =1*¥*10"%m?s~'= 1 cms™!
is the thermal diffusivity between the layers, A= 1.0 Wm~2K~! is the climate feedback
parameter, and RF (Wm~2) is the surface heat flux representing the external radiative
forcing, which is prescribed according to a symmetric 1% yearly increase to quadrupling
pre-industrial CO3 levels and subsequent and decrease in atmospheric COag, i.e., the same

forcing as in the UVic ESCM simulations. Changes in mixing are achieved by changing the
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thermal diffusivity k between the layers in the range from 0.05%k to 1.0*k. This range was

chosen to correspond to the range in mixing parameters in the UVic ESCM simulations
that leads to the widest range in GMOT.

The temperature of the upper layer reacts instantaneously to changes in the forcing (Figure
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Figure 4.5: Temperature changes for the 2-layer ocean model: change in upper (Typper) (a)
and lower layer ocean temperature Tjyyper (b), difference in the temperature between the
layers (c) and change in total ocean temperature (d, calculated as average from Typper and
Tiower weighted by the layer depth). Change in total ocean temperature versus radiative
forcing (e). k=1 cm2s™! is the thermal diffusivity between the layers.

4.5a). The temperature in the lower layer lags behind the radiative forcing but also domi-
nates the total temperature of the ocean (Figure 4.5b,d) due to its very high heat capacity
relative to the heat capacity of the upper layer. Therefore, ocean heat uptake or release
can be approximated by the heat exchange between the layers, which is determined by the
thermal diffusivity and the temperature gradient between the layers. A higher diffusivity

between the layers enables a faster heat exchange between the layers and a faster heat
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uptake and release by the whole ocean as observed in the model (Figure 4.5d). However,
the temperature gradient between the layers is lowest for the model version with the high-
est diffusivity (Figure 4.5¢) implying a diminished heat exchange between the layers and a
slower ocean heat uptake and release, which is the opposite from what is observed in the
model. Therefore, it is the effect of the diffusion that dominates the ocean heat uptake and
not the vertical temperature gradient. This 2-layer model also shows a similar hysteresis
behaviour as the UVic ESCM simulation (compare Figures 4.1d and 4.5e).

One limitation of the two-layer model is that the lower layer has a too high heat capacity
resulting in a very slow heat release from this layer. This is especially strong for very low
diffusivity values (Figure 4.5b blue and red curve). For comparison: in a multi-layer model
where heat is transferred step by step from one layer to the next, heat is more easily re-
leased because upper layers, which extend deeper than the upper layer in the 2-layer model,
have a response time scale that is between that of the upper and lower layer of the 2-layer
model and therefore release heat faster than the lower layer in the 2-layer model (Bouttes
et al., 2013). The other limitation is that the 2-layer model has no meridional overturning
circulation, which intensifies in the UVic ESCM simulations in both the Atlantic Ocean and
the Southern Ocean after radiative forcing returned to zero and leads to a stronger heat
release. Due to these two shortcomings the decline in ocean temperature is much slower
in the 2-layer model than in the UVic ESCM and 2-layer model simulations have to be
extended for 1000 years compared to the UVic ESCM simulations to observe a crossover of
the ocean temperature curves.

Generally, the initial (pre-industrial) meridional overturning in both the Atlantic Ocean
and the Southern Ocean increases as vertical diffusivity increases (Figure 4.6a and 4.7a)
in the UVic ESCM model versions. In addition, response to the radiative forcing also dif-
fers among model versions. These differences in the overturning response likely lead to
divergences between the results from UVic ESCM simulations and 2-layer ocean model sim-

ulations as will be discussed in the following.

Cases where the UVic ESCM simulations diverge from the 2-layer ocean model behaviour
(i.e., similar GMOT decline in model version with higher compared to those with lower dif-
fusivity) are the model version with default ocean mixing setting relative to the k, pgrhigh
model version and the k; 444/0.2 relative to the k, 44q:0.45 model version. For each model
version pair, the uptake of heat is faster for the model version with the higher mixing but
the rate of heat release is approximately the same. This similar ocean heat release rate is
likely caused by a stronger intensification of the overturning (in both the Atlantic Ocean
and the Southern Ocean) in response to the declining forcing in the simulations with lower
vertical mixing (i.e., default mixing setting and ki +i4q10.2).

The globally averaged vertical ocean temperature profiles support the finding that higher

mixing does not always entail a stronger decline in ocean temperatures (Figure 4.2b,d).
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Figure 4.6: a) Antarctic Bottom Water (AABW) formation, calculated as minimum of the
zonally averaged overturning stream function (averaged over the globe) below 500 m. b)
Change in the AABW formation relative to year 0.
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Figure 4.7: a) Atlantic meridional overturning circulation (AMOC) calculated as maximum
of the zonally averaged overturning stream function in the North Atlantic. b) Change in
the AMOC relative to year 0.

At year 140 (year of peak forcing), for the Bryan& Lewis mixing scheme (default mixing
setting, k,pg rlow and high) and the tidal mixing scheme (ky tigq), the temperature in the

surface and mid-ocean increases with increasing ocean mixing. However, for year 1100 de-
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fault mixing and ky ti4q0.2 simulations have the lowest ocean temperature below a depth of
around 1100 m. Interestingly, in those cases the deep ocean has also cooled more than the
mid ocean, probably induced by increased Antarctic Bottom Water (AABW) formation.
For the tidal mixing scheme, both simulations with the lower mixing setting (ky tigq0.1 and
0.2) have a stronger cooling than the simulation ki ti4q;0.45. The discussion of the overturn-
ing circulation and especially its response to the declining radiative forcing will give further
insights into this behaviour.

Both Atlantic Meridional Overturning Circulation (AMOC) and AABW formation decline
in response to increased atmospheric COy concentrations and the associated global warming
(Figures 4.6a, 4.7b). AMOC responses to global warming have been well studied and the
decline in the AMOC under warming is due to surface warming and freshening of North
Atlantic surface waters (Rahmstorf, 2006). The AMOC increases again in a delayed re-
sponse to the decrease in radiative forcing (Figure 4.7a), which leads to a cooling of surface
waters and also increase in sea ice formation that increases surface water density and thus
increases the deep water formation. The AMOC even overshoots its pre-industrial strength
(Figure 4.7b) due to a build up of salinity in the subtropical gyre in the northern Atlantic
while AMOC is weaker (Wu et al., 2011). When the AMOC strengthens again as a response
to declining surface temperature this salinity anomaly is advected northward, which results
into denser water in the North Atlantic and an intensified AMOC. This AMOC overshoot
has been linked to an increased rate of ocean heat release (Bouttes et al., 2015). Declining
AABW formation/volume in response to anthropogenic climate change has been seen in
model and observational data (Purkey and Johnson, 2012) but the causes for this response
have not been explored in modelling experiments to our knowledge. It is likely linked to
the decline in sea ice formation and surface warming. The AABW formation increases as
a delayed response to the decreasing radiative forcing (Figure 4.6a), likely due to surface
cooling and increased sea ice formation, and it also intensifies above pre-industrial levels
(Figure 4.6b). However, this intensification is much smaller and slower than the AMOC
overshoot. Further investigation is needed to uncover the processes that cause this intensi-
fication.

Both AMOC and AABW formation overshoot/intensify more strongly in the model ver-
sions with lower mixing setting (i.e., in the model version with default mixing relative to
ky g rhigh, and ki tigq0.1 and 0.2 relative to ki 4i4q10.45), which leads to faster heat re-
lease as the exchange between deep/bottom waters and surface waters is increased. This
intensification in overturning circulation likely offsets the decreased exchange between up-
per and deeper ocean in the model version with lower mixing (i.e., default mixing setting
and ky 4dq0.2). The cooling effect on the deep and bottom waters from stronger than
pre-industrial AMOC and AABW formation is also evident in the zonally averaged ocean
temperature changes (Figure 4.3), where the simulations with default ocean mixing and

ky tida10.2 have more cooling in the mid ocean at northern high latitudes and the deep
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ocean at southern high latitudes than in the k, p¢rhigh and ki ti4q0.45 simulations. The
deep ocean cooling is less pronounced in the ki 4;4410.2 case. Also the ky, 1;44;0.1 has a very
strong AMOC overshoot, which together with the lower heat uptake during the increasing
forcing phase results in a stronger cooling than in the k 4;44,10.45 simulation.

A special case is the ky const1.0 simulation, which has the highest vertical mixing of all sim-
ulations. Here, the GMOT and thus GMTSL decline below pre-industrial levels implying
that more heat is being released than initially entered the ocean. This is most likely linked
to a very strong intensification of the AABW formation under this very high mixing setting
(Figure 4.6b, red curve). This assumption is supported by a strong cooling in the Southern
Ocean along the path of the AABW (Figure 4.3f). The cause for this intensification would

require further investigation, which is beyond the scope of this study.

4.4 Discussion

Contrary to Tokarska and Zickfeld (2015), we find that GMTSL can decline on centennial
time scales despite using the same climate model. This different finding is caused by ap-
plying a stronger decline in atmospheric CO2 than Tokarska and Zickfeld (2015). Boucher
et al. (2012) use the same scenarios as in this study but only investigate decadal time scales
and thus do not detect the decline in GMTSL.

There are only a few previous studies investigating the reversibility mechanisms of thermal
expansion. Bouttes et al. (2013, 2015) investigate the mechanism of this reversibility for
rapidly declining and negative radiative forcing and find that the reversibility in response
to declining radiative forcing can be described by a 2-layer ocean model, i.e., by the heat
exchange between the upper and deeper ocean. This is in agreement with our findings. Un-
der negative radiative forcing (preceded by positive radiative forcing) they also find that an
AMOC overshoot causes a faster decline in GMTSL. The extension of the zero layer ocean
model (GMTSL rise rate is proportional to GMSAT) by a term to account for radiative
damping (Zickfeld et al., 2017), which has been shown to explain the reversibility of thermal
expansion after elimination of short-lived forcers, is invoked to explain the mechanisms of
GMTSL decline. We show here that this model also explains GMTSL decline as a response
to declining atmospheric CO2 concentration from negative COg emissions.

A decline of the AMOC under increased forcing is well documented in the literature (Stocker
and Schmittner, 1997; Rahmstorf, 2006; Meehl et al., 2007) as well as a recovery and an
overshoot of the AMOC when the forcing is reduced leading to a faster decline in GMTSL
(Wu et al., 2011; Bouttes et al., 2015). Earlier studies (Knutti and Stocker, 2000; Lever-
mann et al., 2005) found a slow increase (over several millennia) of global mean sea level
after a shut down of the AMOC because the reduction of the surface temperature induced

by the AMOC shutdown reduces the radiation lost to space and thereby increases ocean
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heat uptake. A rapid regional thermosteric sea level increase in the North Atlantic with
thermosteric sea level decrease in the Southern Ocean is also shown by Levermann et al.
(2005). This slow increase of global sea level is in contrast to the link we propose whereby
GMTSL changes less with a weaker AMOC. However, the mechanism between a slowdown
of the AMOC and a complete shutdown could be different because a slightly weaker AMOC
does not induce such strong changes in surface temperature.

A decrease of the overturning circulation in the Southern Ocean under increasing atmo-
spheric COg concentration has been documented in earlier studies (Gregory, 2000) and a
decrease in AABW formation has been documented in observations (Purkey and Johnson,
2012). However, changes in circulation in the Southern Ocean, especially AABW forma-
tion, under decreasing radiative forcing and the processes involved have not been studied
in detail. We find a recovery and intensification of AABW formation after radiative forcing
is reduced back to zero but further investigation is needed to improve the understanding of
the processes involved in the response of the AABW formation, which is beyond the scope
of this study.

Shortcomings of the research presented here are that the model used (UVic ESCM 2.9)
does not include an interactive ice sheet component and no interactive representation of
cloud feedbacks. The lack of an interactive ice sheet component means that sea level rise
and possible decline from the melting and possibly regrowing ice sheets in reaction to the
increase and decline in radiative forcing is not included. The contribution to sea level rise
from melting ice sheets is projected to become dominant in the future and reversibility of
sea level rise from ice sheet melting would be delayed due to their long response time scales
and possible threshold behaviour (Robinson et al., 2012; Church et al., 2013). However,
there are large uncertainties for these contributions due to incomplete understanding of
ice sheet dynamics (Church et al., 2013). No interactive representation of cloud feedbacks
affects ocean heat uptake as investigations with AOGCMSs have shown that changes in cloud
cover enhance the cooling effect from changes in ocean heat uptake induced by changes in
ocean circulation due to climate change (Trossman et al., 2016). Thus the model used here
might underestimate the effect of changes in ocean circulation on ocean heat uptake under
increasing atmospheric COy. Whether this effect between ocean heat uptake, changes in
ocean circulation, and cloud cover is also in effect when the changes in ocean circulation
are induced by changes in ocean mixing or how this link evolves under declining COq
concentration is unclear. Additionally, modelling of cloud feedbacks is still subject to great
uncertainties, and thus the overall effect of their exclusion is unknown.

These shortcomings are unlikely to affect the robustness of the result that thermosteric sea
level rise is not reversible on human time scales. Including the contribution from ice sheets
to sea level would make sea level rise even less reversible due to the very long response

timescales of ice sheet dynamics. Significant changes in the response time of thermosteric
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sea level changes from including dynamic cloud feedbacks are unlikely as the associated
effect on ocean heat uptake is very small, only 0.01Wm~2 in a previous study (Trossman
et al., 2016). Furthermore this study shows that irreversibility of GMTSL rise on human

timescales is robust against the choice of vertical diffusivity.

4.5 Conclusions

In this study the reversibility of thermosteric sea level rise in response to a symmetric
increase and decrease in atmospheric COy concentration is examined. Furthermore, the
sensitivity of this reversibility to sub-grid ocean mixing is investigated, which also gives
further insight into the role of ocean circulation in this reversibility. Different versions of
the UVic ESCM 2.9, which differ in the parametrization of vertical sub-grid ocean mixing,
are forced with a 1% yearly increase in atmospheric CO4 concentration until quadrupling of
pre-industrial levels, followed by a 1% yearly decrease in COs and constant pre-industrial
CO4 concentration thereafter. Such a strong decline in atmospheric CO2 concentrations
can only be realised with net negative COg emissions, i.e., artificial removal of COgy from
the atmosphere.

We find that thermosteric sea level is not reversible on human time scales (decadal time
scales) as GMTSL rise continues for 80 years after atmospheric COgy concentration starts
declining. The decline of GMTSL is much slower than the rise due to the thermal inertia
of the ocean, which can be observed by a warming signal in the deeper ocean that persists
for almost a millennium after atmospheric COs concentration is restored to pre-industrial
levels. Furthermore, GMTSL does not revert to pre-industrial values by the end of the
simulations (1120 years after atmospheric COy concentration is restored to pre-industrial
levels). The release of heat by the ocean, and thus a declining GMTSL, are explained by
evoking a 0-D energy balance model where the rate of GMTSL rise is linked to radiative
forcing and a term representing radiative damping to space. This model shows that a de-
clining GMTSL is enabled by radiative forcing being lower than the change in GMSAT
scaled by the climate feedback parameter (Zickfeld et al., 2017).

Generally, sea level rise and decline rates in response to increasing and decreasing atmo-
spheric CO2 increase with higher vertical diffusivity, which can be explained with a simple
2-layer ocean model with diffusion of heat between a thin upper layer and a deep lower
layer. Exceptions to this behaviour in the UVic ESCM simulations are linked to a strength-
ening of the meridional overturning circulation beyond pre-industrial values (inferred from
AMOC and AABW formation intensification) after recovering from a decline induced by
the increasing radiative forcing. Generally, this intensification in meridional overturning
circulation beyond pre-industrial values is stronger in model versions with lower vertical
diffusivity. In some cases this intensification is so large in the model version with lower dif-
fusivity that it offsets the effect of decreased vertical diffusivity and GMTSL decline rates

63



are similar among model versions with different diffusivity values. Stronger North Atlantic
deep water and AAWB formation increase the exchange of heat between the upper and the
deeper ocean and the intensification of these deep and bottom water formation beyond their
pre-industrial levels increases the release of heat from the ocean. Especially the intensifica-
tion of AABW formation results in a cooling of the deep ocean after radiative forcing has
returned to zero.

Generally, ocean thermal expansion induced by increased COs concentrations does not re-
vert to pre-industrial levels for at least a millennium after CO2 concentration returned to
pre-industrial levels irrespective of the choice of vertical diffusivity. Lower vertical diffusion
in the ocean models, which may be closer to reality as it has been argued that ocean models
have a too high diffusion (Hansen et al., 2011), would imply a lower GMTSL rise at first
but would increase the duration of elevated sea levels after CO9 concentrations are restored
to pre-industrial levels. The reversibility of sea level rise would likely be prolonged further
if sea level rise from melting ice sheets would be taken into account as ice sheets respond
on even longer time scales than ocean heat uptake and their contribution to sea level rise
is projected to increase in the future (Church et al., 2013; Clark et al., 2016).

Thus sea level rise from thermal expansion, and likely also from ice sheet melting, is not
reversible even under strong decreases in atmospheric CO4 far beyond time scales relevant

to human civilization.

64



Chapter 5
Key findings and conclusions

Anthropogenic carbon dioxide (COz) emissions increase COg concentrations in the atmo-
sphere, which induces changes in the climate system (IPCC, 2013). The goal of this thesis
is to elucidate key characteristics of the climate response to anthropogenic CO4y emissions,
such as the linear relationship between change in global mean surface air temperature and
cumulative CO2 emissions, the warming commitment following elimination of COs emis-
sions, and the reversibility of anthopogenic climate change. The following research questions

have been examined using a climate modelling approach:
1. Zero emissions warming commitment (ZEC)

(a) What determines the warming commitment after cessation of COy emissions?

(b) What is the effect of thermal equilibration (declining ocean heat uptake) and
bio-geochemical equilibration (declining carbon uptake) on this warming com-

mitment?
2. Transient Climate Response to cumulative COy Emissions (TCRE)

(a) Which physical processes determine the approximate constancy of the TCRE?
(b) What is the sensitivity of the approximate constancy of the TCRE to different
representations of ocean mixing?

3. Reversibility of thermosteric sea level rise

(a) Is sea level rise due to thermal expansion reversible and on which time scale?
(b) What are the physical mechanisms that determine this reversibility?

(c) What is the effect of different representations of ocean mixing on the reversibility

of ocean thermal expansion?
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5.1 Zero emission warming commitment

Chapter 2 of this thesis focuses on the second-order temperature change after COs emis-
sions cease, also referred to as zero emission warming commitment (ZEC). The goal of this
chapter is to explore the mechanisms that determine the ZEC.

Previous studies found a to first order constant global mean surface air temperature (GM-
SAT) after cessation of COy emissions (Matthews and Caldeira, 2008; Gillett et al., 2011)
but also second-order changes in the GMSAT (i.e., ZEC) of a range from -1.2°C to 0.5°C
(Zickfeld et al., 2013; Frolicher et al., 2013; Frolicher and Paynter, 2015). Differences in the
ZEC arise from different models being used, different emission scenarios and atmospheric
CO> concentrations prior to cessation of COy emissions, different timing of zeroing emis-
sions, and different time horizons over which the ZEC is calculated (Zickfeld et al., 2013;
Frolicher and Paynter, 2015; Leduc et al., 2015; Herrington and Zickfeld, 2014; Matthews
and Zickfeld, 2012). Knowing the magnitude of the ZEC is important because a significant
ZEC would need to be taken into account for a warming target and thus lower the allowable
budget of cumulative CO2 emissions for this warming target.

A non-zero ZEC arises from an imbalance between a warming effect from declining ocean
heat uptake after elimination of COy emissions (i.e., thermal equilibration) and a cooling
effect from declining atmospheric CO4 concentration. The latter is determined by land and
ocean carbon uptake, which also decline after emissions cease (i.e., bio-geochemical equili-
bration).

This study is the first one to our knowledge that systematically investigates the effects of
the timing of zeroing CO2 emissions, COs concentration prior to cessation of emissions,
and time horizon over which the ZEC is being calculated. Examining the timing of zero-
ing emissions entails comparing the effects of bio-geochemical and thermal equilibration, as
both decline the later emissions are zeroed along a trajectory of constant atmospheric CO»
concentration. Especially the effect of bio-geochemical equilibration has not been studied in
detail previously. Due to the unique study set-up (emissions are zeroed along a trajectory
of constant COy concentrations), the effects of the state of equilibration can be separated
from other effects such as differences in radiative forcing prior to zeroed emissions.

We find that the ZEC is positive and declines the later emissions are zeroed, implying that
the warming effect of thermal equilibration dominates over the cooling effect from declin-
ing atmospheric CO2 concentration. However, under low COgy concentration (double the
pre-industrial concentration or RCP4.5) prior to zeroing COy emissions the ZEC slightly
increases or is constant for emissions zeroed later in time, indicating that the decline in the
cooling effect from the decline in CO4 concentration after cessation of emissions dominates
over the decline in the warming effect from the decline in ocean heat uptake.

Overall it is the effect of the scenario (i.e., the level of radiative forcing) prior to cessation

of CO9 emissions that dominates the ZEC. The timing of zeroing emissions or the time
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horizon over which the ZEC is calculated only play a minor role. Thus, only ZECs with
similar scenarios prior to zeroing emissions should be compared, whereas effects from choos-
ing a different time horizon to calculate the ZEC or timing of zeroing emissions could be
neglected or could be accounted for by using the results from our study.

We furthermore find significant ZECs for high CO3 concentration scenarios prior to setting
emissions to zero, such as for quadrupling of pre-industrial COs concentrations or RCP 8.5
(ZECs of 0.2-0.9°C and 0.2-0.6°C for 4xCO2 and RCP8.5 respectively). Thus for these sce-
narios the ZEC would have to be taken into account for a warming target and the budget
for allowable cumulative CO9 emissions would have to be lowered. For lower COs con-
centration scenarios such as doubling of pre-industrial COs concentrations of RCP4.5 the
ZEC is not significant (ZECs of 0.0-0.1°C and 0.07-0.2°C for doubling of CO2 and RCP4.5
respectively) and does not need to be considered for a warming target and in setting the

respective cumulative CO5 emissions budgets.

5.2 Constancy of the TCRE

Previous studies revealed that the ratio between GMSAT and cumulative CO2 emissions,
referred to as Transient Climate Response to cumulative CO2 Emissions (TCRE), is approx-
imately constant over time and among scenarios (Matthews et al., 2009; Allen et al., 2009;
Eby et al., 2009). This finding is useful as it implies that there is a set amount of allowable
cumulative CO9 emissions for a certain warming target (Zickfeld et al., 2009), which could
be used to inform climate policies (Raupach et al., 2014). The the 2°C warming target
allows a cumulative COs emission budget of 1000 PgC with a 66% probability of staying
below this target (IPCC, 2013), over half of which have been emitted by now (Le Quéré
et al., 2016).

The reasons for this constancy are still under discussion, but a commonly given hypothesis
is that the effects of ocean heat and carbon uptake cancel each other out because both
are governed by the same deep ocean mixing processes and thus lead to an approximately
constant TCRE over time.

In order to investigate this hypothesis and the robustness of the temporal constancy of
the TCRE, different model versions of an EMIC, which differ in the parameterization of
sub-grid scale ocean mixing, were produced. At the time of doubling of the pre-industrial
atmospheric COg concentration, the TCRE ranges from 1.2°C/EgC to 2.1°C/EgC (for
comparison the CMIP5 TCRE range is 0.8-2.5°C/EgC, Gillett et al. (2013)). Changes
in diapycnal or vertical mixing parameter have a much stronger effect on ocean heat and
carbon uptake than changes in mixing along isopycnals. Higher vertical mixing parame-
ter leads to increased ocean heat and ocean carbon uptake. A higher ocean carbon uptake
means that more CO2 can be emitted (i.e., higher cumulative CO9 emissions) while reaching

the same atmospheric CO9 concentration, which has been prescribed in this study. Higher
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ocean heat uptake means more heat is transferred into the ocean, which lowers surface
air temperatures. Thus higher ocean heat and carbon uptake lead to decreased GMSAT
change (numerator of the TCRE) and increased cumulative CO2 emissions (denominator
of the TCRE), and thus a decreased TCRE. For the temporal evolution of the TCRE we
find that it deviates up to 20% from the mean value while atmospheric COy concentration
increases (1% yearly increase in atmospheric CO2 until quadrupling of pre-industrial CO,
concentration) and that the effects of ocean heat and carbon uptake on the TCRE do not
cancel out each other. These are stronger variations in the TCRE than indicated previously
(Matthews et al., 2009) because longer time scales are taken into account. However, under
constant atmospheric COy concentrations that follow the increase in COs the TCRE is ap-
proximately constant (5% deviation from the mean value), which is due to a cancellation of
effects of ocean heat and carbon uptake on the TCRE. This finding therefore confirms the
hypothesis of ocean heat and carbon uptake causing the approximately constant TCRE,
which has also been suggested by other studies (Goodwin et al., 2015; MacDougall and
Friedlingstein, 2015). Despite strong differences in ocean mixing, the temporal evolution of
the TCRE and cancellation effects remain similar among the model versions likely because
there is a linear relationship between ocean heat and carbon uptake and strength of the
vertical ocean mixing parameter.

Understanding the mechanism involved in the approximate constancy of the TCRE is im-
portant in scientifically underpinning the carbon budget approach. Few studies (Matthews
et al., 2009; Goodwin et al., 2015; MacDougall and Friedlingstein, 2015) investigated the
mechanism but none investigated the effect of sub-grid ocean mixing on the TCRE. The
finding that strong changes in ocean mixing do not entail significant changes in the temporal
evolution of the TCRE makes this temporal evolution less sensitive to uncertainties in the
parametrization of sub-grid ocean mixing and increases the robustness of the temporal evo-
lution. However, variations in the ocean mixing parameter lead to a wide range in to total
value of the TCRE (0.9°C range), which is higher than the highest range due to temporal
TCRE variations within a simulation under a specific mixing setting (0.36°C range if the
first steep increase of the TCRE over the first decade is neglected). The strong variations
in the TCRE due to mixing parameters induce uncertainties in carbon budgets related to
warming targets. The temporal variations of the TCRE over time while atmospheric CO»
increases strongly could weaken the scientific foundation of applying the carbon budget

approach as a mitigation framework.

5.3 Thermosteric sea level rise reversibility

As the remaining carbon budget for a 2°C warming target is declining (Le Quéré et al.,
2016) due to continuously increasing CO2 emissions (Boden et al., 2016) and pledges for

reducing emissions are not ambitious enough to match this target (Smith et al., 2016),
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the application of negative COy emission technologies has been suggested. Negative emis-
sions imply artificial removal of COs from the atmosphere that could enable atmospheric
CO4 concentrations to decline more rapidly than what could be achieved with cessation of
CO2 emissions alone. This raises the question of the reversibility of anthropogenic climate
change under negative emissions. Previous studies found that GMSAT is reversible on hu-
man (decadal) time scales (Boucher et al., 2012; Tokarska and Zickfeld, 2015). Sea level
rise due to thermal expansion is an important factor in the question of reversibility due to
high impacts and the long time scales of ocean heat uptake and release. Previous studies
find irreversible thermal expansion on human time scales but reversible thermal expansion
on centennial time scales (Boucher et al., 2012; Tokarska and Zickfeld, 2015; Zickfeld et al.,
2013; Bouttes et al., 2013).

In Chapter 4 we examine the reversibility of sea level rise due to thermal expansion in re-
sponse to symmetrically increasing and decreasing CO, concentration and the sensitivity of
this reversibility to parameterization of vertical sub-grid ocean mixing. We find that global
mean thermosteric sea level (GMTSL) continues to rise for many decades after atmospheric
COg4 starts declining. But GMTSL declines thereafter and is thus reversible but only on
centennial time scales. Reversibility to pre-industrial levels is estimated to be possible solely
on multi-millennial time scales, thus, far beyond human time scales. Following a symmetric
increase and decrease in atmospheric CO2 concentration (1% yearly increase until quadru-
pling of pre-industrial CO2 concentration and then return to pre-industrial levels at the
same rate), GMTSL increases much faster than it decreases partly because the warming
signal still penetrates into the deeper ocean for centuries after COy concentrations return to
pre-industrial levels. GMTSL rise and decline rate strengthen with increasing vertical ocean
mixing parameter, which is caused by a faster exchange of heat between the mixed layer
and deeper ocean. The higher decline rate of GMTSL under higher vertical mixing param-
eters results in lower GMTSL by the end of the simulation for model versions with higher
vertical mixing, despite the fact that they initially took up more heat. Deviations from
this behaviour arise where overturning circulation, in both or either the North Atlantic and
the Southern Ocean, increases beyond pre-industrial strength in response to the declined
atmospheric CO2 concentration for cases with lower vertical mixing. Strongly enhanced
overturning in some model versions leads to a faster cooling of the deep ocean, which offsets
the reduced heat release due to a lower diffusivity.

Generally, a lower vertical ocean mixing parameter, which has been suggested to be closer
to modelling the real ocean (Hansen et al., 2011, 2016), leads to a lower GMTSL during
increasing atmospheric CO2 concentrations but also slower decline in GMTSL after COq
concentrations decrease and possibly even higher GMTSL on centennial time scales. Thus
GMTSL rise from current CO2 emissions is likely not reversible even under negative COq
emissions for centuries to come.

This irreversibility is likely to be strengthened when sea level rise from ice sheet melting is
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taken into account due to the long time scales of ice sheet dynamics and possible threshold
behaviour (Robinson et al., 2012; Church et al., 2013; Clark et al., 2016).

There are only few studies investigating the mechanism of reversibility of GMTSL rise under
negative COq emissions and none to our knowledge investigating the effect of ocean mixing
on this reversibility. This study gives further insight into the effectiveness of negative emis-
sions in reversing the uptake of heat by the ocean and the associated thermal expansion.
For instance, it is shown that decreased vertical mixing leads to lower GMTSL but also de-
creases the ability to reverse it (i.e., a lower diffusivity slows down the decline in GMTSL).
Applying different ocean mixing parameters also gives insights into the effect of changes
in the overturning circulation on ocean heat uptake and release. For example, the inten-
sification of overturning in the Southern Ocean as well as AMOC overshoot could enable
faster declines in GMTSL. Furthermore, there are large inter-model variations in GMTSLR
reversibility (see reversibility experiments in Zickfeld et al. (2013)) and this research helps

elucidate some of these differences.

5.4 General conclusions and outlook

The results from the research presented in this thesis suggest that using cumulative COq
emission budgets to limit warming to a specific target as a framework for climate mitigation
needs to be done with caution. Reasons for caution are that the TCRE under increasing
CO4 concentration diverges more strongly from a constant value than suggested in previous
studies (Matthews et al., 2009). The TCRE could also be higher than found in current stud-
ies (Gillett et al., 2013; Eby et al., 2013) because vertical ocean mixing has been suggested
to be too high in current climate models (Hansen et al., 2011) and as found here, the TCRE
decreases with increasing vertical mixing (Chapter 3), implying a lower carbon budget for a
certain warming target. Furthermore, significant warming after zeroing emissions needs to
be taken into account in scenarios with high radiative forcing (such as RCP8.5 or 1% yearly
increase in atmospheric CO2 concentration until quadrupling of pre-industrial levels) prior
to setting CO2 emissions to zero. However, additional warming is less relevant for carbon
budgets related to low warming targets such as those included in the Paris Agreement (Paris
Agreement, 2015).

Furthermore, other aspects of climate change, such as ocean warming and GMTSL rise, do
not relate linearly to cumulative CO5 emissions. The long time scales of ocean heat uptake
and release due the ocean’s high heat capacity lead to increasing GMTSL after cessation of

emissions and irreversible GMTSL rise under negative CO2 emissions on human time scales.
The following specific research directions would corroborate and expand the research

findings presented in this thesis. Additional research would be useful to further systemat-

ically investigate the relationship between CO2 concentration prior to setting emissions to
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zero and the ZEC for a range of models. This would give further insight into how much
warming would need to be added to a warming target. Further studies exploring in detail
how changes of sub-grid ocean mixing parameterization induce changes in the geographical
distribution of ocean heat and carbon uptake, changes in the geographical distribution of
surface ocean tracers and sea ice, ocean circulation, and distribution of heat and carbon
within the ocean would give further insights into the uncertainties due to these param-
eterizations. Also the behaviour of overturning circulation in the Southern Ocean under
decreasing atmospheric CO2 has not been studied to our knowledge, which is of importance
as the study presented here has shown the important role of ocean circulation for ocean
heat release under a scenario of declining atmospheric CO2 concentration. Furthermore,
a comparison study of present-day simulations under the different mixing parameters and
schemes used in this thesis with measurements of ocean tracers, such as ocean temperature
or salinity, as performed by Schmittner et al. (2009) and Goes et al. (2010), would pro-
vide insides into how realistic the chosen diffusivity parameters and their induced ranges in
TCRE and projected GMTSL are.

In terms of broader future research directions, there is still a lack of understanding of
which processes exactly cause the approximate constancy of the TCRE over time. For ex-
ample, do specific processes that affect ocean heat and carbon uptake differently cause a
strong deviation of the TCRE from a constant value while atmospheric CO2 concentrations
increase? This question is difficult to answer because separating the effect of specific mech-
anism, such as different time scales of sea-air equilibration for heat and carbon, different
geographical distribution of ocean heat and carbon uptake, or the effect of ocean circulation
on ocean heat and carbon uptake relative to the effect of different ocean mixing parame-
terizations, is hard to achieve. It would be useful to study the effect of changes in ocean
circulation on the TCRE as these changes affect both ocean heat and carbon uptake but
have a stronger effect on ocean heat uptake (Winton et al., 2013).

Another open question is how to reduce the uncertainty range of the TCRE. As the research
presented here shows, ocean mixing can have a strong effect on the TCRE. Improving the
parameterization of ocean mixing could help narrowing this range. One option that has
been suggested and becomes partly implemented as advances in computing power permit,
is to improve ocean models such that they resolve some of these mixing processes (eddy
permitting or resolving ocean models, resolution of ~1/3° or lower)(Kuhlbrodt et al., 2015;
Newsom et al., 2016; Williams et al., 2015; Munday et al., 2014). Long term simulations
with these models, particularly if including a representation of the carbon cycle, are limited
by computing power. However, such long term (centennial time scales) simulations would
help understand mechanisms of ocean carbon uptake and ocean heat uptake due its long
response times. Such studies could also help to understand which processes of ocean heat

and carbon uptake affect the temporal evolution of the TCRE, which could in turn support
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the understanding of the constancy of the TCRE. A refined understanding of ocean heat
and carbon uptake would also reduce uncertainties in the ZEC, as it is dominated by the
ocean heat uptake and decline in atmospheric COs9, which is mostly determined by ocean
carbon uptake. However, such studies would not be able to resolve all uncertainties in ocean
heat uptake as there are also strong uncertainties in the climate feedback parameter, i.e.,
uncertainties in how much warming there is to expected from a certain radiaitive forcing,
which also affects ocean heat uptake. It should also be noted that these eddy-permitting or
eddy-resolving models still require parametrization of eddies that are smaller than mesoscale
(Delworth et al., 2012), which are for example eddies that induce vertical mixing. However,
these models do improve the representation of the Southern Ocean (Newsom et al., 2016).
Furthermore, the research presented here only addresses CO5 as a radiative forcing agent.
However, other greenhouse gases, in particular methane, and aerosols need to be taken into
account as well as they contribute to anthopogenic climate change (IPCC, 2013). Carbon
budgets vary strongly depending on whether temperature changes from non-CQO4 radiative
forcing agents are taken into account (Rogelj et al., 2016). Many non-CO radiative forcing
agents (e.g., methane), however, are short lived and their warming is emission-pathway
dependent and thus a budget approach is not applicable (Smith et al., 2012). Therefore,
further research is needed to understand how to consolidate the warming effects of long
and short lived radiative forcing agents in order to create useful tools, similar to the car-
bon budgets approach, for mitigation efforts. Previously used metrics, such as the global
warming potential (GWP, the warming potential of a radiative forcing agent relative to the
warming potential of COg), treat all radiative forcing agents in the same way. This leads to
significant short comings as for example, a short lived radiative forcing agent with a high
specific radiative forcing (i.e., the radiative forcing per kilogram emission) has the same
GWP as a long lived radiative forcing agent with a low specific radiative forcing (Shine
et al., 2005). However, if emission reductions for the long lived forcing agent were replaced
with emission reductions for the short lived forcing agent, as they have the same GWP, long
term warming would increase as the cumulative emissions for the long lived forcing agent
increase. Therefore, metrics have been suggested that treat long and short lived radiative
forcing agents differently, such as using budget approaches for long lived radiative forc-
ing agents and peak warming inferred from emission rates for short lived radiative forcing
agents (Smith et al., 2012). However, the effect of the metric chosen to compare the climate
effects from non-CQOs radiative forcing agents and CO4 on not exceeding a warming target
needs to be studied in more detail. Especially, comparisons of the effects of either choosing
a metric that treats all radiative forcing agents same versus one that treats long and short

lived radiative forcing agents differently are needed.

Overall this thesis gives new insights into the role of ocean heat and carbon uptake

in the response of the climate system to anthropogenic COs emissions on centennial time

72



scales. The relative effects of bio-geochemical and thermal equilibration in determining the
ZEC have been uncovered. The effect of changes in parameterization of sub-grid ocean
mixing on ocean heat and carbon uptake and on the value and temporal evolution of the
TCRE are shown. Additionally, the effect of changes in ocean mixing parameterization on
the (ir)reversibility of thermal expansion is unveiled and the physical processes that govern

sea level rise reversibility are elucidated.
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