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Abstract

A description of the dynamics, chemistry and energetics governing a volcanic system can be greatly
simplified if the expansion of magmatic gas can be assumed to be adiabatic as it rises towards the
surface. The conditions under which this assumption is valid are clarified by analysis of the transfer
of thermal energy into the low conductivity wallrocks traversed by fractures and vents from a gas
phase expanding over a range of mass flux rates. Adiabatic behavior is predicted to be approached
typically within a month after perturbations in the release of source gas have stabilized, this
timescale being dependent upon only the characteristic length scale on which the host rock is
fractured and the thermal diffusivity of the rock. This analysis then enables the thermal energy
transport due to gas release from volcanoes to be evaluated using observations of SO, flux with
reference values for the H,0:S0,; ratio of volcanic gas mixtures discharging through high
temperature fumaroles in arc and mantle-related volcanic systems. Thermal power (MW/s)
estimates for gas discharge are 10"®to 10** MW,, during quiescent, continuous degassing of arc
volcanoes and 10*’to 10°MW,, for their eruptive stages, the higher value being the Plinean
Pinatubo eruption in 1991. Fewer data are available for quiescent stage mantle-related volcanoes
(Kilauea 10°*MWy,) but for eruptive events power estimates range from 10°® MWy to 10°°MW,,.
These estimates of thermal power and mass of gas discharges are commensurate with power
estimates based on the total mass of gas ejected during eruptions. The sustained discharge of
volcanic gas during quiescent and short-lived eruptive stages can be related to the hydrodynamic
structure of volcanic systems with large scale gaseous mass transfer from deep in the crust coupled
with episodes of high level intrusive activity and gas release.
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1. Introduction
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Much of what we know about fluid processes inside degassing volcanic systems is inferred from
surface observations of quite shallow thermal features such as fumaroles, solfatara and volcanic
lakes. Volcanic hazard risk management primarily depends on estimates of the rates of change of
these phenomena in conjunction with seismic monitoring. However our fundamental understanding
of the physics of volcanoes and their eruptive histories still suffers from the lack of quantification of
the energetics of these processes. Post facto estimates of the mass of erupted material as lavas or
dispersed ash provide some idea of the scales of eruptive activity (Pyle, 2015) but not of the
substantial thermal energy transport between and during eruptions through discharge of volcanic
gas.

The advent of remote sensing methods for monitoring SO, gas flux into the atmosphere now
provides information that allows quantification of the scale of subsurface heat and mass transfer
through active volcanoes. In this paper we show how these data in combination with reference
volcanic gas compositions may be used to estimate the thermal energy transport inside degassing
volcanoes and to provide a comparative scale of the relative magnitudes of thermal energy release
from quiescent and erupting volcanoes. In order to achieve this we first need to consider how much
thermal energy is lost to the rock mass that makes up a volcanic system as magmatic gas expands
and flows through to the surface. This heat transfer problem may be reframed as a model for
guantifying the time that is required for a volcanic system to regain a steady thermal state following
perturbation with respect to heat transfer to and from the rock medium

2. Heat and Mass Transfer in active volcanoes

Volcanic systems are loci of sustained heat and mass transfer through the Earth’s crust (Elder, 1965).
Understanding of the basic physics and chemistry that control their behaviour through time is
obtained through application of thermodynamic principles within the context of some crucial
underlying assumptions. One of these is that magmatic gas expansion through the fractured host
rocks beneath volcanoes may be considered adiabatic (in this context the term ‘adiabatic’ means
that heat transfer from an expanding magmatic gas to and from the rock mass is zero'). However it is
axiomatic that, whenever a temperature gradient occurs between gas and rock, some heat is
transferred by conduction across fracture boundaries into the low conductivity host rocks where a
thermal buffer develops. The thermal buffer then limits the proportion of heat lost from the gas flow
to the rock mass so that its magnitude (relative to the heat flux of expanding magmatic gas and the
transfer of heat on a range of time and length scales within the host rock) underlies the
reasonableness of assumptions of adiabatic expansion of magmatic gas mixtures. In practical terms
the system, following perturbation adjusts to a minimal heat transfer condition that approximates
an adiabatic state.

! In this limit the surface temperature of the host rock matches that of the gas (where they are in thermal
contact) and the temperature gradient in the rock in a direction locally normal to its surface is zero. Although a
gradual decrease of temperature towards the surface must exist in the host rock network as the background
pressure decreases, heat loss due to conduction away from the expanding gas flow through the rock (which
corresponds to a loss of thermal energy from the gas in order to maintain the temperature field in the rock)
can be assumed negligible in comparison to the magnitude of the heat flux carried by the gas.



2.1 Heat transfer between expanding magmatic gas and a fractured rock mass

Here we proceed to characterise the proportion of heat that, as a function of time and the
properties of the rock mass, is transferred conductively into the rock mass from an expanding
magmatic gas mixture. We adopt a fractured block model (Figure 1, inset) wherein gas expansion
occurs through the ‘cracks’ between blocks of rock of characteristic dimension (d) with transfers of
thermal energy through a thermal boundary layer in the low conductivity rock medium (Henley and
Hughes, 2000). We consider the process of adjustment from one thermally-equilibrated state to
another following a sudden perturbation at time t = 0 in the magmatic gas source. The adjustment
dynamics governing subsurface expansion of the gas may also have relevance to a time-varying
source, and we comment on this towards the end of this paper. For convenience we here use the
term magmatic gas (‘magma-related’) to refer to gas mixtures expanding through the
superstructure of volcanic systems and derived from intrusive complexes and other deep sources
(Shinohara, 2013) and volcanic gas for the gas mixtures discharged to the atmosphere during
quiescence through vents and high temperature fumaroles and with particulates the gas mixtures
discharged during eruptions.

A perturbation in the magmatic gas source, such as increased permeability due to rock stress release
or intrusion (Tibaldi, 2015) will first lead to a broad-scale adjustment in gas temperature and
pressure along flow paths in the host rock through which it expands. The time scale, t;, on which this
occurs is assumed a priori to be a) sufficiently rapid compared with the other adjustment processes,
and b) consistent with supposing that gas is able to percolate through the fracture network in the
host rock relatively freely given its lower resistance to flow and the absence of wettability effects
associated with liquid—solid contact. An estimate of this time scale may be made using Darcy’s law,
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where h is the height through which the gas rises, K and ¢ are the characteristic permeability and
porosity of the host rock, respectively, uis the dynamic viscosity of the gas and dp/dz is the broad-
scale vertical pressure gradient driving the rise of gas. As we will see t; is typically on the order of
days.

Following the initial perturbation, the temperature field in the host rock starts adjusting towards
thermal equilibrium; transient behaviour is expected in the surface discharge. At some time, which
we denote as t = t,, the temperature field in the rock no longer evolves significantly in the time taken
for a gas parcel to rise to the surface; the surface discharge might be expected to stabilise, but
continue to evolve at a more gradual rate. Beyond this time, we might anticipate the possibility of a
guasi-adiabatic state (at t = t3), in which the process of gas expansion involves a relatively small
amount of heat exchange with the host rock (and the surface discharge is expected to be quasi-
steady). Eventually, at large times, the full adiabatic steady state (described earlier) and thermal
equilibrium will be attained.

We now proceed to make rough estimates of the above time scales and the volume of host rock
(which we refer to as the thermal buffer region) involved in the adjustment process. We assume that
the adjustment process is longer than the time t; required to establish the gas pressure and
temperature field that forces percolation through the fracture network in the host rock. Specifically,



we assume that the thermal inertia of the rock component blocks in the network governs the
response of the buffer region.

Within each block, the evolution of the temperature field T may be described by the diffusion
equation in the form:

oT
prcpa = kVZT; (2)

where k, p. and ¢, are the thermal conductivity, density and specific heat capacity of the rock,
respectively, and t is time. We now manipulate this equation to obtain scales for the quantities of
interest. A thermal boundary layer of thickness d(t) grows in time by conduction in the rock,
accommodating the change in external temperature, wherever the block surface is exposed to the
magmatic gas:

S~(kt)?,  (3)
where x = k/p.c, is the thermal diffusivity of the rock (Henley and Hughes, 2000).

We may use equation 3 to estimate t, as the time at which Ad/dlt,) = ¢ << 1, where Adis the change
in boundary layer thickness during the transit time of a gas parcel t; and c is a suitably small
threshold value, e.g. 10%. Thus we find that t, = t;/c (>> t;).

If A, is the total surface area of rock in the fracture network, we can write equation 3 in the form: (by
integrating over the volume A,d and applying the Divergence Theorem):

a aT a6
e (prcpAr6T) = prepArS o + prepArT oo = kA VT, (4)

where the first term on the far left represents the rate of change of thermal energy stored in the
host rock (which can be split into the sum of two terms shown — the first representing the
contribution owing to an evolving temperature in the boundary layer and the second representing
the contribution from a evolving boundary layer thickness). The subscript s in equation 4 denotes
the solid surface in thermal contact with the gas. A straightforward order of magnitude estimate
(using equation 3) suggests that all terms in equation 4 are of the same order, i.e.

a aT a6 _
o (prcpA,6T) ~ PrepAr oo ~ prepAT oo ~ kA VT, ~ 0(prcpA AT 2t71/2) (5)

where the temperature change at t = 0 is AT. Note that equations 3-5 implicitly assume the growing
thermal boundary layers do not interact, but this becomes invalid when Jis of the same order as the
block size (from equation 3, this occurs when t ~ d°/x). In this regime the temperature contrast in
the block is not maintained at AT and reduces towards zero. Thus the host rock approaches thermal
equilibrium and cannot store (or reject) any more heat. Hence, for the passage of magmatic gas to
be approximately adiabatic, we require that either the rate of heat transfer from the gas (the last
term in equation 4) be much less than the energy flux E through the system (termed the quasi-
adiabatic regime) or the thermal boundary layer thickness to have become comparable to the block
size, leading to fully adiabatic behaviour. To estimate the time t; at which this occurs, we estimate
the surface area A, of rock in the fracture network by simply assuming that the host rock volume
(Ash) is fractured into regular cubical blocks with dimension d so that



6Ash
Ar = T (6)

Field data show that the effective block size or fracture spacing of volcanic systems is much smaller
than d =1 m. For example at Ruapehu, New Zealand, Massiot et al. (2014) measured a median
spacing of 0.36 m. and La Felice et al.(2014) measured spacings of 0.15 to 0.25m to 520m depth at
Mt Amiata, Italy. Heap et al. (2015) showed that permeabilities of 10">m? were attributable to both
macrofractures and high density networks of microfractures in andesite at Colima, Mexico.
Moreover Hautmann et al. (2014) showed using strain field analysis that high permeability was
sustained at Soufriére Hills, by networks of fractures that were maintained by hydraulic fracturing
due to gas pressure.

We proceed to approximate the host rock volume as a cylinder, where A; is the cross-sectional area
observable at the surface. This approach is expected to lead to a generous estimate of A, using
equation 6 because the actual cross-sectional area of host rock is likely to be smaller than A; at
depth. Using equations 4 and 5, behaviour that is either quasi-adiabatic (i.e. kA, VT; « E) or fully
adiabatic (i.e. >> d) is anticipated for the sooner of

6prCpATAsh 2 K
tg > (T) = (7a)
or,

dZ
tg > — (7b)

From the two conditions in equation 7, we therefore expect to see the appearance of a quasi-steady
adiabatic gas expansion regime only if t;’ < t3”, which requires

d>D (8)
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1/2
= ) is a threshold block size.

where D = (

In physical terms, a quasi-adiabatic state will be observed only if the block size d is large enough that
the thermal boundary layers growing towards the interior of the block do not interact and the rate
at which thermal energy is transferred from the gas to the host rock has become small compared
with the energy flux E through the system. For values of d less than the threshold block size D the
host rock blocks will reach full thermal equilibrium first.

2.2 Time scale estimates for the initial response phases

We may now base quantitative estimates for the time scales t; and t, on observable surface
properties and typical properties of rock and water as a gas phase. The permeability K of volcanic
rocks range from very low (10™°m?) to very high (10®m?); for unconsolidated rocks with strong
connectivity of pore space (i.e. fractures), K can be of order 10™° m?(Collinson and Neuberg, 2012).
Basing an estimate for t; on a conservative value for K = 10™* m?, with a porosity ¢ in the range 1-
10%, a dynamic viscosity for the gas of =30 x 10° Pa, and a vertical pressure difference of 120 MPa
over a rise height h = 4000 m, we predict t, can be up to several days (Figure 1). Thus we expect the
temperature field in the thermal boundary layers of the host rock blocks to become quasi-steady (as
far as the effect on an individual gas parcel is concerned) on time scales t, of less than a month. At



this time processes may be reasonably modelled as adiabatic. On shorter time scales the adiabatic
assumption cannot reliably be used in thermal or chemical modelling of magmatic gas expansion
through volcanic systems.

2.3 Quasi-adiabatic and adiabatic behaviour
2.3.1 Thermal power of volcanic discharges

The heat transfer analysis provided here for magmatic gas expanding through the fractured rock
mass beneath volcanoes indicates below that thermal equilibration is achieved with respect to
fractured rocks on a time scale of 10 days to 3 years for block sizes between 1 and 10m. As we have
seen in §2.2, the initial broad scale adjustment of gas pressure and temperature through the
network of fractures between blocks is likely to be significantly shorter and on the scale of a few
days. Since gas discharge from quiescent volcanoes occurs over a much longer time scale it may be
regarded as occurring in a quasi-steady state such that expansion flow paths may be considered as
adiabatic. Any actual expansion path (in pressure—-temperature-enthalpy-entropy space) at any time
is likely to be stepped due to successive throttles within a continuously evolving fracture array within
the volcano.

Further assessment of thermal equilibration timescales (such as estimates of t;’) of the gas
expansion process beyond t ~ t, requires specific data regarding the associated energy and mass
transport. Mass transfer estimates have only become available recently through remote sensing of
SO, fluxes (estg) for a number of quiescent but continuously degassing volcanoes (Supplement 1).

Since volcanic gas mixtures are dominated by water (> 90 mole percent in arc volcanic gases — see

Supplement 2) the total mass flux (6¢) due to gas release and the heat flux (XH’s) of a volcano may
then be estimated by using the mole fraction of SO,, Xs0,, in the discharge (Matsushima et al., 2003)

through,
¢ = 1/)(502-95tg (9a)
ZH'G = H’G' GG (9b)

where and H’gis the enthalpy of the gas mixture which, for salt contents of less than about 10
weight percent, may be taken as that of water. Application of these equations to individual
volcanoes depends upon translation of SO, flux data into total mass flux due to gas release into
volcanic plumes. In turn this requires an estimate of the ratio of H,0 to SO, in the gas plume but
remote sensing estimates for H,0 flux are far more difficult to achieve. In order then to provide
relative thermal power estimates for the quiescent, continuously degassing through eruptive stages
of volcanic activity it is convenient to use reference values derived from sampling of high
temperature fumaroles.

2.3.2 Reference volcanic gas compositions

The compositions of volcanic gas mixtures are obtained through meticulous sampling in extreme
environments (de Moor et al., 2013; Fischer, 2008; Giggenbach and Matsuo, 1991; Giggenbach et al.,
2001; Shinohara, 2013; Zelenski and Taran, 2011). Supplement 1 provides a compilation of 70
published analyses of volcanic gases from fumaroles at temperatures greater than 500 °C for the



molar concentrations of the major gases within volcanic gas mixtures released into the sub-structure
of volcanoes from mid and upper crustal intrusive complexes and other sources. For convenience
they are broadly subdivided into arc and mantle-related provenances. The latter are few since most
mantle-sourced volcanism occurs on the sea floor so that direct gas sampling is not possible. H,0 (>
~ 80 mole percent), CO, and S, as a range of gas phase sulphur species , are the principle
components of these mixtures. HCI, HF and H, are also major components at lower concentration.
Minor components include metastable species that may have transient existence in these reactive
environments, and unreactive nitrogen and noble gases that are important traces of source
interactions for volcanoes (Sano and Fischer, 2013).

A range of factors such as accessibility determine that the fumarole gas data are a non-random
sampling of all active volcanic systems. In order to derive reference values for xs; and H's , we have
therefore calculated median values of these data (Table 2) since medians are a more reliable
measure than means for the small and highly skewed sample population in this data set. We also
applied a temperature filter of 800-1000°C in order to remove possible dilution and condensation
effects that may occur in the high level superstructure of volcanoes and during sampling
(Botcharnikov et al., 2003; Giggenbach and Matsuo, 1991; Giggenbach and Sheppard, 1989;
Giggenbach et al., 2001). This filter removed some outlier values such as the water-rich 1100 °C data
from Klyuchevskoi volcano, Kamchatka. Expressed as mole percent (100 x mole fraction) the median
(n=24) of the high temperature (800-1000°C) data for arc volcanoes is as follows, 870°C, H,0=95.0,
CO, = 1.6, S; = 1.8 (fifty percent of the values of xs; lie within a factor of two of this median value),
HCl = 0.5, HF=0.04, H, = 0.8 mole percent xs; = 52.8; a slightly lower value (xs;= 52.1) is obtained by
filtering out the water-rich fumarole analysis from Showashinzan volcano, Japan (Mizutani and
Sugiura, 1982). As has been observed elsewhere (Carmichael et al., 1974; Giggenbach, 1996;
Symonds et al., 1994; Verhoogen, 1949; Williams and McBirney, 1979), high temperature arc gases
are significantly more water-rich and lower in CO, than mantle-derived basaltic gases. CO, and sulfur
species (SO, > H,S) are the most abundant component relative to the other major gases.

Analytical values of Xs, do not directly provide values of xso, since disproportionation of SO, to H,S

and other reduced sulfur species occurs during the temperature decrease that results from the
adiabatic expansion of magmatic gas mixtures from their sub-volcanic source regimes as well as
through heterogeneous gas-mineral reactions (Henley et al., 2015). Figure 2 shows the variation of
molar concentrations (For a given component, i, mole percent; = 100 x x;) for sulfur species at 1 bar
total pressure as a function of temperature. The dominance of SO, above about 800 °C is clear such

that for fumaroles sampled above this temperature it is reasonable to assume that Xso, = Xs,-

2.3.3 Thermal magnitudes of erupting volcanoes

In the absence of alternative direct methods, it is permissible as well as practical to use the
reference values of total sulfur concentration (xst) as proxies for Xso, in the application of equation

9a to obtain comparative estimates of the thermal magnitudes of volcanic gas discharges (Figure 3
and Supplement 3). At its median temperature of 870 °C the reference arc volcanic gas mixture has
an estimated enthalpy (H’), of about 4300 klJ/kg at 1 bar total pressure (100 kPa) and xs; of 0.013,
equivalent to a H,0/SO, mass ratio of 21. Using this reference value, Table 2 shows that the total
gas fluxes (~ 95 mole percent H,0) from individual continuously degassing arc volcanoes range from
1 to 85 megatonnes per day with heat fluxes from 10**to 10*®* MW,,. Etna has a wide range during



continuous degassing (10*°to 10**MW,,) . Kilauea, as a representative of mantle-sourced gas
discharge, has a thermal power estimate of 900 tonnes SO, per day, which at 10** MW,, is in the
lower part of this range. By comparison, Erta Ale (Ethiopia) at 100 tonnes SO, per day (de Moor et
al., 2013), is significantly lower (102 MW,)2.

The heat fluxes estimated here from SO, flux data range from about 100 to 3500 MWy (10>** MW,,).
For comparison the Wairakei geothermal system (Taupo Volcanic Zone, New Zealand) in its
undisturbed state prior to exploitation had a heat flow of about 400 MW,(10*° MW,,) (Fisher, 1964).
Geothermal heat and mass transfer is a consequence of conductive heating into the base of the
hydrostatic groundwater regime and capture of low fluxes of magmatic gas by quenching into the
groundwater flow (Hurwitz et al., 2003). In volcanoes in regions of high rainfall, such as the Cascade
volcanoes in western North America, SO, discharge may be reduced to zero by dissolution into high
level groundwater flows(Symonds et al., 2001).

If the thermal energy of the gas mixture expanding into a volcanic system changes by 10%, equation
7a may be used to estimate the length of time t = t’; after which we would expect the rate of
thermal energy exchanged with the host rock to become much less than the surface heat flux (i.e.
the quasi-adiabatic regime). We first base reasonable dimensions for the central core of a quiescent
volcano on observable diameters?® at the surface of 1000 m. Then, taking values for rock of k¥~ 10°®
m?/s, p,= 2600 kg/m> and c,= 800 J/kg/K (i.e. k = 2 W/mK (Bonafede and Mazzanti, 1997)), we find
(Figure 3b) that for block sizes d * between 1 and 50 m, the host rock is predicted to reach thermal
equilibrium before a quasi-adiabatic state can be set up, i.e. equation 8 is generally not satisfied in
the practical examples considered here. This simplifies the calculations and conclusions
considerably; it is important to note that the predicted adjustment is determined by the length scale
characterising the fracture network and the thermal diffusivity of the rock, and is independent of
any parameters of the volcanic system itself. The timescale t;” is predicted to range from about 10
days to 3 years for block sizes between 1 and 10 m, and up to 80 years for block sizes of 50 m. Thus,
the gas expansion process will in essence be fully adiabatic after approximately a month to 10 years
(i.e. corresponding to complete thermal equilibration of the entire volcanic structure after a few
conductive timescales, t3”’, have elapsed), for blocks up to 10 m in size. It is worth further noting that
these calculations provide a posteriori justification for the assumption that expansion of gas through

’Table 2 (and the Supplement 1 table of SO, flux data) and estimated power are not provided as a
comprehensive review of all the available and continually expanded SO, data for active volcanoes. Moreover,
for individual volcanoes the temperature and H,0/SO, data used for estimating discharge power may, and
should where possible, be specific to that volcano.

® We can demonstrate self-consistency of the assumed radial extent with that expected from Darcy’s law. We expect that
the core radius R expands in the radial direction r such that dR/dt ~ (K /¢u) dp/dr. During the rise time (t;; equation 4)
of a gas parcel, we therefore expect the core radius at the surface to have increased by an amount ARs~h(Ap,-/Ap,)'/?,
where Ap, and Ap, are the typical broad-scale pressure drops in the radial and vertical directions, respectively. With Ap, ~
0.5 MPa (an “average” overpressure, which is limited by the fracture strength of the host rock ~ 1 MPa) and Ap, ~ 120 MPa
(the difference in pressure between the surface and a depth of h ~ 4 km), we predict AR, ~ O(250 m).

* This range is consistent with the length scale that would be expected based on the fracture strength of the rock (~ 1 MPa,
as above) and the broad-scale vertical pressure gradient (~ 0.03 Pa/m). We reason that the local pressure in the rising gas
phase can only increase above the prevailing background pressure in the host rock by approximately the fracture strength
(before a new fracture is initiated). This criteria suggests d ~ 30 m.



the fracture network inside a volcanic system is relatively rapid compared to thermal equilibration
(i.e. t; << t3).

2.4. Perturbations and eruptions

This analysis of volcanic gas composition and SO, flux data is focussed on the attainment of steady
state heat transfer and consequent phase relations as a magmatic gas expands adiabatically through
fracture arrays from lithostatic pressure to the surface. Volcano history is predominantly quiescent
with ongoing discharge of a magmatic gas plume or lower power diffuse degassing through the vent
and flanks, sometimes with low discharge ‘magmatic gas chimneys’ recognized locally in summit
areas (Giggenbach, 1990; Reyes et al., 1993). Quiescent or steady state periods are interrupted
irregularly by eruptive episodes of very short to long term duration. The most dangerous events,
such as Pinatubo (1991) and Nabro volcano (2011), are those with several hundred years of latency.
Figure 3 compares the estimated thermal flux of quiescent stage, continuously degassing volcanic
systems (Table 3) with those obtained from the eruptive yields of SO, for eruptions of several
volcanic systems. Conversion to total gas yield through equation 3 provides an estimate of the
power in MW,, of each eruption, which at 10°*"* MW, are several orders of magnitude higher than

the quiescent continuously degassing states (10°*°?

MWy). These estimates of the thermal transport
due to gas expansion compare well with total thermal power estimates (10*°*° MW,,) based on the

erupted mass of volcanic material for basaltic fissure to Plinean eruptions (Pyle, 2015).

Transient or peak SO, discharges are commonly ascribed to magma movements in shallow complex
sub-volcanic ‘chambers’, but data for sustained quiescent stage volcanic gas plumes are likely to
relate to the steady release of gas from a subsurface gas reservoir that is maintained by the steady
flux of magmatic gas through the infrastructure of a volcanic system as illustrated in Figure 4. This
schematic view highlights the single phase gas core of volcanic systems (Henley and Ellis, 1983;
Henley and McNabb, 1978) and gas release through the surface as a gas plume, as fumaroles and
solfatara and more diffusely through the flanks of the volcanic superstructure (Delmelle et al., 2015).
Temporal changes in gas pressure in the gas core may relate to high level intrusive activity and
seismicity and translate into observable changes in the monitored SO, flux at surface (Fischer et al.,
1997) that may be associated with local phreatic eruptions.

The relative thermal powers of quiescent volcanic systems approximated here from SO, flux data are
to be regarded as minima since subsurface heat and SO, losses occur through dispersion into
geothermal regimes around the expanding gas core and condensation into high level aquifers
(Symonds et al., 2001) and to a minor extent through sulfate forming reactions along fractures
(Henley et al., 2015). For erupting volcanoes SO, losses may be regarded as negligible as they release
gas from the pressurised core of the system and directly from high level intrusives. However the
higher power and consequent larger component of water and particulates in the eruption column
then reduces the effectiveness of remote sensing methods for SO, flux.

For monitoring purposes fluctuations of the characteristic temporal pattern of the observed SO, flux
of a volcano are clearly best utilised directly for ongoing hazard assessment. At Stromboli SO, flux



may vary over periods of a few months from an oscillating base line of about 100 tonnes per day to
shorter periods of over 800 tonnes per day (Burton et al., 2009). Hidalgo et al. (2015) record similar
temporal variation for the Tungurahua volcano, Ecuador.

Relatively small and rapid temporal variations in forcing might be expected to have minimal effect
on the gas expansion process. The heat capacity of the thermal buffer of the host rock will tend to
smooth fluctuations towards the underlying mean state by exchanging heat with the gas on these
relatively short timescales. An eruption, however, corresponds to a large amplitude perturbation,
and we suggest a further timescale t, of relevance — namely that required in the quiescent degassing
state (in which the system spends most of its time) to replenish the gas volume (equal to ¢Ash) held
in the host rock. If M is the rate of mass release and p,, a representative density for the source gas,
respectively,

PAh
tr~ o (10)

Estimating M from surface observations for the range of quiescent stage, continuously degassing
volcanic systems (Table 1) and taking p,, to be 150 kg/m?> gives values for t, ranging from order one
month to more than 20 years, the limits corresponding to the most and least active volcanic
systems, respectively. The majority of volcanic systems are characterised by values of t, and t; of the
same order of magnitude.

The time scales estimated here to attain a steady thermal state are commensurate with those
observed during volcanic cycles from quiescent toward eruptive and emphasize the importance of
source strength and the characteristic dimensions of the fracture array through which gas expands
toward the surface. The latter is then a characteristic dimension for a given volcano that strongly
influences the cyclicity of discharge and is observed through a variety of surface phenomena often
relating to changes in local hydrology (Newhall et al., 2002) and affecting hot springs, solfatara and
volcanic lakes.

Rapid changes in source strength due to intrusion activity and gas release (Blundy et al., 2010) lead
to magmatic vapor plume expansion and eventual breakout through the surface, potentially
triggering and sustaining a Plinean eruption®. At Pinatubo, for example, precursor events including
steam explosions consequent on increased heat flow, continued for a period of 11 weeks prior to
the immense 1991 eruption and SO, flux also increased progressively, reaching 0.013 megatonnes
per day immediately before the Plinean event. The Plinean eruption itself released about 20
megatonnes of SO, (Bluth et al., 1992; Daag et al., 1996), a mass far larger than appears reasonable
for storage in a reasonably scaled intrusion (Newhall et al., 2002). Models based on gas exsolution
from reasonable sized intrusions therefore appear untenable. The total gas phase released, with
inclusion of water, is about 60 megatonnes based on the reference arc gas composition. At 1000
bars pressure this mass of gas equates to the volume of a cylinder of depth 8km and radius about
8km, and requires a storage volume ten times larger if the average porosity was about ten percent.
An eruption of this scale therefore requires mining of a pressurised gas reservoir to mid-crustal
depth and poses some new questions about how Plinean scale eruptions achieve this. One possibility

> For completeness we note that eruptive phenomena themselves occur through more complex irreversible
expansion processes involving heat exchange with a high density of particulate material in the gas phase.
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is that increased source strength first builds pressure inside the superstructure of the volcano but
that the pressure increase is limited to the tensile strength of the rock material; 5 to 50 bars.
Fracturing ensues to initiate an ongoing series of fracturing events through to initial break out at the
surface which then removes a small proportion of rock mass. An immediate positive feedback
ensues due to lithostatic load removal, feeding back on itself through further rock failure and rock
removal into the developing ash plume as it rapidly extends deeper and deeper into the gas
pressured reservoir. This proceeds to feed on itself until the gas reservoir is exhausted. Although
speculative, this is potentially a useful starting point for discussion of Plinean eruption mechanisms
and hazard assessment, with a focus on the gas phase that is progressively stored inside volcanic
systems and fed from evolving intrusion complexes.

3.0 Summary

Volcanic systems are complex and their behaviour embraces a range of interactive processes
including deep and shallow intrusions, gas exsolution from magmas, gas mixture expansion through
fractured rock and interactions with surrounding deep and shallow groundwater systems (Henley
and Berger, 2013; Henley and McNabb, 1978). Here we have focussed on the thermal power of
volcanic systems in their quiescent through eruptive cycles by considering the scale of heat transfer
between expanding magmatic gas mixtures and the fractured rocks through which they pass. SO,
flux data, now increasingly available for active volcanoes, provides the basis from which to estimate
total heat and mass transfer through to the surface. For quiescent, continuously degassing
volcanoes mass transfer ranges between about 1500 and 500,000 tonnes per day with equivalent
heat transfer of about 10° to 10** MW,,. In eruptive cycles these mass transfers increase by more
than 2 orders of magnitude with Plinean eruptions such as Pinatubo in 1991, a further one or two
orders of magnitude larger, a scale demanding consideration of stored pressurised gas as the prime
driver of catastrophic eruptions.

Consideration of heat and mass flux in volcanic systems also underpins quantification of the scale of
heat transfer to fractured rock mass as magmatic gas expands to the surface and the time scale over
which gas expansion may be modelled as adiabatic. In turn this enables modelling of pressure-
temperature changes experienced by volcanic gas inside the superstructure of volcanoes, the phase
changes occurring during expansion and consequent changes in gas phase chemistry in fumaroles
relative to magmatic source conditions. The approach to these is necessarily general but provides a
useful basis from which to consider and track the unique behaviour of individual volcanoes and
make comparisons between volcanic systems.
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Figure Captions

Figure 1. Elements of the fractured block model showing the relationship between magmatic gas flux
and the fractured rock matrix blocks of a volcano due to conduction (inset) to evolve thermal
boundary layers in the blocks. Predicted timescales t for quasi-adiabatic behaviour (discrete points)
and t3” for fully adiabatic behaviour (solid lines) as a function of the power, E, of measured
guiescent volcanic systems (see Table 1). Data for fracture spacings in the host rock of 1, 10 and 50
m are shown for temperature perturbations of 50, 250 and 500 °C. Note that the time scale curve for
d = 10m and AT=50°C is coincident with that of d=50m and AT = 250°C. Also plotted is the
replenishment timescale, t,, as discussed in the text. For reference the broad range of time scales
and power for eruptive and quiescent volcanic discharges are also shown as discussed in the text
(Figure 3 and Supplement 1).

Figure 2. Equilibrium composition of the median arc and mantle-related volcanic gas mixtures (Table
1) as a function of temperature at 1 bar total pressure. Note the low concentrations of minor sulfur
species in relation to H,S and SO, and the very rapid decrease of the H,S:S0, ratio above 800 °C.
Elemental sulfur as a liquid phase has not been included because, like H,S, there is no evidence that
SO, reduction during expansion occurs at a sufficient rate to nucleate significant sulfur (Giggenbach,
1987) although it may be present in aerosols. A wide range of C-O-H-S species such as SO;,
H,S0,,COS and S,, gaseous species occur at much lower concentrations

Figure 3. Comparison of estimated thermal transport due to gas release during eruptive events with
quiescent discharge degassing of arc and mantle-sourced volcanoes. SO, yield data used for the
estimation of eruptive yields are primarily from McCormick et al. (2013).For comparison the natural
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heat flux of the Wairakei geothermal and the electric power production of the Three Gorges Dam
power stations are 10%®and 10** respectively.

Figure 4. Schema for heat transfer due to volcanic gas from a lithostatic pressured environment to
the surface showing the development of a single phase, gas-cored volcanic gas plume, heat
dispersion by mixing on its margin to develop laterally extensive geothermal systems (G), and the
regime of relatively shallow secondary processes related to capture and condensation of gas
mixtures separated from the plume near surface (S). Dispersion on the margin coupled with loss of
pressure and adiabatic temperature decrease produce a two phase (liquid plus vapor or halite plus
vapor) margin. When the gas core is sufficiently powerful to break through to the surface a
continuous degassing-based atmospheric plume and high temperature fumaroles are developed. Its
aspect ratio may vary through time (Giggenbach and Sheppard, 1989) due to changes in source
strength and permeability(Henley and Berger, 2013). Note the contributions to gas flux from high
level intrusive activity. XH,,, is the heat flux as magmatic gas is throttled to quasi-hydrostatic
pressure and XH; is the thermal yield observed through SO, flux data for the volcanic system. Within
the gas core regime decompression and mixing at its margin develops two phase conditions but gas
phase separation occurs only near surface to form solfatara and associated relatively low
temperature fumaroles.

Table Captions

Table 1. Discharge power of continuous (quiescent) degassing volcanoes estimated from SO2 flux
data and the H,0/S0, gas mixture ratio for median arc and mantle sourced volcanic gases and their
enthalpies as described in the text. Data sources as follows: 1 = Shinohara (2008), 2 = McCormick et
al. (2013), 3 = Mori et al. (2013), 4 = Mather et al. (2006), 5= Melnikov and Ushakov (2011), 6 =
Hidalgo et al. (2015), 7 =Fisher (1964). Figures have not been rounded in order to preserve the
calculation routine.

Table 2. Median values of major components of volcanic gas mixtures sampled from fumaroles on
active arc and mantle-sourced volcanoes at temperatures > 500 °C. The full data set is provided in
Supplement 2.
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Table 1
Click here to download Table: Table 1 gas composition stats.docx

Mole
fraction

total Enthalpy
Setting  Volcano Range °C n t°C H,0 co, S: HCI HF H, mole % gas H,0/S0, CO,/S, (1bar)
Arc Maxima >500 °C 66 1100 99.88 12.40 6.98 275 0.66 3.02 0.14 14268.6 78.3 4894
Arc Minima >500 °C 505 84.77 0.02 0.01 0.02 0.00 0.00 0.00 12.1 0.2 3499
Arc Mean >500 °C 766 94.76 2.63 1.38 0.55 0.09 0.61 0.05 674.2 5.7 4080
Arc Median >500 °C 763 95.16 1.81 1.18 0.42 0.03 0.54 0.04 79.9 1.6 4074
Arc Mean 800-1000°C 23 861 94.5 1.8 1.8 0.7 0.1 0.8 0.05 167.6 2.7 4305
Arc Median 800 - 1000 °C 870 95.0 1.6 1.8 0.5 0.04 0.8 0.05 53.7 0.9 4326
Arc Median (adj. )1 800 - 1000 °C 870 95.1 1.75 1.3 0.5 0.03 0.8 0.05 75.8 0.9 4039
Arc Median > 800 °C 28 874 95.0 1.51 1.25 0.54 0.08 0.8 0.05 53.7 0.9 4050
Mantle  Maxima 8 1131 81.13 36.40 1590 0.81 2.37 0.75 0.398 41.4 26.0 4973
Mantle  Minima 915 57.90 3.15 1.40 0.10 0.19 0.75 0.155 5.0 0.2 4434
Mantle  Mean 1042 72.4 15.55 8.72 0.51 0.52 0.75 0.251 13.9 5.2 4746
Mantle Median 1092 79.29 9.90 7.80 0.65 0.32 0.75 0.19 12.3 1.8 4853

! Median excluding high outlier HCI concentrations from Etna and Vulcano analyses.


http://ees.elsevier.com/volgeo/download.aspx?id=303671&guid=37bd168f-607c-4541-ba86-82f1e9051752&scheme=1

Table 2
Click here to download Table: Table 2.flux.docx

Volcano Provenance SO, t/day H,O t/day E kl/sec log MW Source
Kilauea Mantle 800 2,295 128,908 2.1 1
Etna Arc 21,000 447,694 22,415,777 4.4 2
Etna Arc 4,000 85,275 4,269,672 3.6 1
Bagana Arc 3,300 70,352 3,522,479 3.5 1
Lascar Arc 2,400 51,165 2,561,803 3.4 1
Miyakejima Arc 2,119 45,174 2,261,859 3.4 3
Pacaya Arc 2,000 42,638 2,134,836 33 4
Ruiz Arc 1,900 40,506 2,028,094 3.3 1
Sakurajima Arc 1,641 34,984 1,751,633 3.2 3
Manam Arc 920 19,613 982,025 3.0 1
Yasur Arc 900 19,187 960,676 3.0 1
Masaya Arc 790 16,842 843,260 2.9 4
Stromboli Arc 730 15,563 779,215 2.9 1
Langila Arc 690 14,710 736,518 2.9 1
Galeras Arc 650 13,857 693,822 2.8 1
Fuego Arc 640 13,644 683,148 2.8 4
San Cristobal Arc 590 12,578 629,777 2.8 4
Satsuma-lwojima Arc 570 12,152 608,428 2.8 1
Wairakei Geothermal System 2.6 7
Mutnovsky Arc 330 7,035 352,248 2.5 5
Arenal Arc 180 3,837 192,135 2.3 4
Tungurahua volcano Arc 1,424 30,358 1,520,003 3.2 6
Tungurahua volcano Arc 735 15,669 784,552 2.9 6
Tungurahua volcano Arc 73 1,556 77,922 1.9 6


https://scholar.google.com.au/citations?user=RR51-PoAAAAJ&hl=en&oi=sra
http://ees.elsevier.com/volgeo/download.aspx?id=303632&guid=b4ba89b9-7839-49ab-870d-cd2c5055cecc&scheme=1
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Figure 4
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