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Global warming during the Miocene Climate Optimum (MCO, �17–14 million years ago) is associated
with massive carbon emissions sourced from the flood basalt volcanism and ocean crustal production.
However, the perturbation of tectonic carbon degassing on the interaction between climate change
and carbon cycle remains unclear. Here, through time-evolutive phase analysis of new and published
high-resolution benthic foraminiferal oxygen (d18O) and carbon (d13C) isotope records from the global
ocean, we find that variations in the marine carbon cycle lead the climate-cryosphere system (d13C-
lead-d18O) on 405,000-year eccentricity timescales during the MCO. This is in contrast to the previously
reported climate-lead-carbon (d18O-lead-d13C) scenario during most of the Oligo-Miocene (�34–6 mil-
lion years ago). Further sensitivity analysis and model simulations suggest that the elevated atmospheric
CO2 concentrations and the resulting greenhouse effect strengthened the low-latitude hydrological cycle
during the MCO, accelerating the response of marine carbon cycle to eccentricity forcing. Tropical climate
processes played a more important role in regulating carbon-cycle variations when Earth’s climate was in
a warm regime, as opposed to the dominant influence of polar ice-sheet dynamics during the Plio-
Pleistocene (after �6 million years ago).

� 2024 Science China Press. Published by Elsevier B.V. and Science China Press. All rights reserved.
1. Introduction

TheMiocene Climate Optimum (MCO) between�17 and 14mil-
lion years (Ma) ago represents a major reversal in the long-term
cooling trend of the past �34 Ma since continental-scale ice sheets
formed on Antarctica, during which the global mean surface tem-
perature was �3–4 �C warmer than in the pre-industrial era and
atmospheric CO2 was maintained at relatively high levels of 470–
630 ppm (1 ppm = 1 lL/L) [1–7]. This warmingwas probably caused
by carbon injection from the emplacement of Columbia River Basalt
Group (CRBG), which was estimated to emit about 4090–5602 Pg
(1015 g) carbon (equivalent to �9–12 times fossil CO2 emissions
for 1850–2021) during the MCO [1,4,8–13]. Although high-
precision geochronology shows thatmajor phases of the CRBGwere
emplaced�300 thousand years (ka) after the onset of theMCO [11],
recent modelling result suggests that the crystallization of pre-
eruption intrusions could release enough carbon to drive significant
global warming [14]. However, the short-lived (more than 95%
erupted between 16.7 and 15.9 Ma) and relatively small input of
CO2 from CRBG appear insufficient to explain the long-duration of
the MCO [11,15]. The �35% higher crustal production rates
between �18 and 14 Ma than modern could be another persistent
driver of the strikingly warm climate [15]. As these temperature
and CO2 estimates are within the IPCC (The Intergovernmental
Panel on Climate Change) projected pathways for 2100, the MCO
is considered as a geological analogue for future warming scenarios
[4,5] and serves as a valuable time window to investigate the inter-
action between carbon input and climate change.

Past changes in climate and carbon cycle on different time
scales have been documented by the stable isotope composition
of benthic foraminiferal oxygen (d18O) and carbon (d13C), as they
are proxies for ice volume/deep-sea temperatures and carbon
transfers between the ocean and other reservoirs, respectively
[6,16,17]. On >105-year timescales, the 3-million-year MCO was
characterized by a global benthic d18O minimum, reflecting the
increase in deep-sea temperatures and the decrease in continental
cryosphere [6,16,18]. Contemporaneous with the MCO, a
long-lasting benthic d13C maximum, termed the Monterey Carbon
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Isotope Excursion (MCIE, �16.7–13.6 Ma), has been recognized in
the global ocean [19–21]. This �1.0‰ positive d13C excursion has
been attributed to increased burial of organic carbon on continen-
tal shelves due to global sea-level rise [4,21–23]. On 104–105-year
timescales, Earth’s orbital eccentricity is strongly imprinted in
Cenozoic stable isotope, especially the most prominent 405-ka
cycle in benthic d13C [6], which is likened to the ‘‘heart-beat” of
Earth’s climate system [24]. The MCIE consisted of eight carbon
isotope maxima events paced by the 405-ka periodicity [19,21].
After the MCO, the 100 and 405 ka cycles almost faded away in
benthic d18O [6,16], probably because the Antarctic ice sheets
expanded, and the cryosphere became sensitive to obliquity forc-
ing [6,25]. Until the last �1 Ma, the 100-ka cycle again dominated
the benthic d18O variability [6,16,26].

Previous studies have also shown that benthic d18O and d13C
variations at the 100-ka eccentricity cycle were in phase through-
out the Oligo-Miocene (�34–6 Ma), but antiphase during the Plio-
Pleistocene (after �6 Ma) [17,27]. This phase reversal corresponds
to different Earth’s climate regimes. When Earth was glaciated by
unipolar ice sheets at Antarctica between �34–6 Ma, eccentricity
maxima tended to reduce the ice volume, leading to higher sea
level and depletion of seawater d18O [17]. At the same time, eccen-
tricity maxima could enhance monsoons and chemical weathering
at low latitudes, resulting in land-to-ocean transfer of organic mat-
ter and depletion of deep-sea d13C [17]. However, when Earth
entered into the bipolar ice sheets state after �6 Ma [28], the
shrinkage of Northern Hemisphere ice caps during eccentricity
maxima could lead to reforestation of large continental areas
[17], less dust transport from the Saharan/Asian interior to the
ocean and thus decrease in marine biological pumping efficiency
[29]. Together, these have resulted in an ocean-to-land transfer
of isotopically light carbon (12C) and further caused an antiphase
relationship between benthic d18O and d13C.

Although benthic d18O and d13C variations were basically in
phase at the 100-ka cycle within the Oligo-Miocene, their leading
and lagging relationship changed along with time and appeared
to be modulated by the extremely long 2.4-Ma eccentricity cycle
[17]. In general, due to the relatively long carbon residence time
of �65 ka in the ocean, benthic d18O variations precede those of
d13C by �1.9–2.5 ka at the 100-ka cycle [17,24,30,31]. However,
over the maxima of 2.4-Ma cycle, changes in the Miocene benthic
d13C were found to lead those of d18O at the 100-ka cycle [17]. It is
concluded that a substantial enhancement of chemical weathering
at low latitudes during extreme eccentricity maxima may acceler-
ate the response of marine carbon cycle to orbital forcing, ulti-
mately leading to the d13C-lead-d18O scenario [17].

Characteristics of the 100-ka cycle in benthic d18O and d13C
have been extensively discussed. Those of the 405-ka cycle, how-
ever, are largely unexplored. Similar to those occurred at the
100-ka cycle, benthic d18O and d13C varied nearly in phase at the
405-ka cycle during the Oligo-Miocene [17]. But it remains
unknown whether there are shifts in their phase relationship at
this eccentricity periodicity. The deep-sourced carbon emissions
had caused significantly warm climatic conditions during the
MCO, and the concurrent low-latitude monsoon precipitation and
chemical weathering had also reached a peak [18,32–36]. Accord-
ingly, the MCO greenhouse effect may have played a role similar to
the extreme eccentricity maxima modulated by the 2.4-Ma cycle,
which likely had caused a shift in the phase relationship between
benthic d18O and d13C at the 405-ka cycle. This possibility has
not yet been evaluated.

To address this issue, we analyze the time-evolutive phase rela-
tionship between benthic d18O and d13C throughout the Oligo-
Miocene, based on eight published records from the International
Ocean Discovery Program and its predecessor programs (IODP/
ODP) and a new time-series from IODP U1505C. We then calculate
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the sensitivity of benthic d18O and d13C to orbital forcing to assess
the sensitivity of cryosphere and marine carbon cycle to the 405-ka
cycle. In addition, we use a 7-box biogeochemical model to inves-
tigate the response of marine carbon cycle to eccentricity forcing
under a high CO2 emissions background.
2. Materials and methods

2.1. IODP Site U1505

Four holes were cored at IODP Site U1505 (18�55.05700N,
115�51.53700E; water depth 2916.6 m) during the Expedition
368, located in the northern South China Sea [37] (Table S1 online).
Holes A, B, and D penetrated only 184.5 m below the seafloor
(depth referred to as the IODP CSF-B scale throughout the manu-
script) and covered the Plio-Pleistocene, while Hole C was drilled
to 480.2 m and extended to the early Oligocene. As a result, no par-
allel holes have been obtained to generate a spliced complete
stratigraphic section for the Oligo-Miocene. A total of 45 biostrati-
graphic datums have been identified in Hole C, suggesting a suc-
cession from the early Oligocene to the Pleistocene without any
apparent sedimentary hiatus. In this study, we analyzed samples
from the interval between 345.5 and 122.2 m of Hole C.

2.2. Stable isotope analysis

All samples were collected at a depth resolution of 20 cm. Sam-
ples were oven-dried at 60 �C, weighed and soaked in water for
48 h, and washed through a 63 lm sieve. Residues were further
dried at 60 �C, then weighed and sieved through a 150 lm sieve.
Well-preserved specimens of epibenthic Cibicidoides wuellerstorfi
and/or Cibicidoides munduluswith a shell size >400 lmwere picked
for the isotopic analysis.

After being crushed, fine-grained particles were removed from
foraminiferal tests in alcohol in an ultrasonic bath. Isotope mea-
surements were performed using a Thermo-Finnigan MAT
252/253 mass spectrometer at the State Key Laboratory of Marine
Geology, Tongji University. The instrument is coupled to a Carbo-
Kiel Device (Type IV) for automated CO2 preparation. Samples were
reacted with 99% H3PO4 at 70 �C. Results were calibrated against
the National Bureau of Standard 19 and reported in per mil (‰) rel-
ative to Vienna Pee Dee Belemnite (VPDB). The long-term standard
error is better than ±0.07‰ and ±0.04‰ for d18O and d13C analyses,
respectively.

2.3. Chronology of Hole U1505C

(i) Biostratigraphy. A total of eight planktonic foraminiferal and
thirteen calcareous nannofossil datums were identified in the
345.5–122.2 m depth interval during the shipboard analysis [37]
(Tables S2 and S3 online). We performed a fourth-order polyno-
mial fit to the depth-age tie points of planktonic foraminiferal
and nannofossil datums, respectively (Fig. S1 online). These two
polynomial relationships show a relatively large offset of �0.2–
3 Ma, with nannofossil datums always suggesting an older age
model than foraminiferal datums. The nannofossil stratigraphy
indicates a relatively stable sedimentation rate, while the forami-
niferal stratigraphy implies more variable sedimentation rates.

(ii) Stable isotope stratigraphy. Pronounced and rapid changes in
benthic foraminiferal d18O and d13C can serve as stratigraphic
markers on a global extent [38–40]. We identified five d18O and
six d13C stratigraphic markers by comparison with benthic d18O
and d13C records from IODP/ODP Sites 1146, U1337 and 1264–
1265 [6,17,19,30,34,41–46] (Fig. S2 and Table S4 online). The onset
of the MCO was found at 298.77 m (�16.95 Ma) and marked by an
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abrupt decrease in d18O by �1‰ [18]. Within the MCO, the most
pronounced d18O variation was marked by a rapid decrease of
�0.7‰ at 270.36 m (�15.58 Ma) and related to the Miocene Ther-
mal Maximum [18,44,47]. The Middle Miocene Climate Transition
was recognized at 236.79 m (�13.83 Ma), characterized by a �1‰
positive excursion in d18O [42,44]. The Tortonian Thermal Maxi-
mum with a �0.8‰ increase in d18O was discovered at 194.72 m
(�10.78 Ma) [43,44]. An additional positive d18O shift (328.55 m,
�19.84 Ma) was identified after the MCO.

For the d13C stratigraphy (Fig. S2 and Table S4 online), the Late
Miocene Carbon Shift starts at �7.48 Ma (145.34 m) and ends at
�6.68 Ma (132.11 m) [48–50], while the Middle Miocene Carbon
Shift lasts from �13.65 Ma (232.28 m) to �12.09 Ma (209.33 m)
[20,44]. The onset of the first carbon isotope maxima event
(292.01 m, �16.68 Ma) and the end of the sixth carbon isotope
maxima event (232.28 m, �13.65 Ma) are well documented in
our record [18,44,47]. An additional d13C minimum event was
identified at 317.69 m (�18.78 Ma).

When plotted together, we find that the d18O and d13C stratigra-
phy is more consistent with the calcareous nannofossils datums
rather than with planktonic foraminifera (Fig. S1 online). The rea-
sons for the inconsistency between foraminiferal datums and other
stratigraphic markers are unknown, but it may prompt a reconsid-
eration of the foraminiferal stratigraphy at this site. Two calcare-
ous nannofossil events (B Reticulofenestra pseudoumbilicus,
12.83 Ma; T Sphenolithus heteromorphus; 13.53 Ma) have been rec-
ognized at the same depth of 233.04 m [37]. The latter event
appears to be more consistent with the stable isotope stratigraphy
and is therefore adopted (Table S2 gray shadow online). Finally, we
constructed an initial age model using a fourth-order polynomial
applied to twelve calcareous nannofossil datums and eleven iso-
tope age control points (Fig. S1 online).

(iii) Astronomical tuning. To provide a more refined chronology,
we correlated the U1505C benthic d18O to other published high-
resolution benthic d18O records (Fig. S3 online). These published
results are from IODP/ODP Sites 1146 (�17.4–6 Ma), U1337
(�20–17 Ma) and 1264–1265 (�21–17 Ma) [6,17,19,30,34,41–
46], whose age models were established using the astronomical
tuning method based on biostratigraphy and magnetostratigraphy.
Our d18O series was then manually aligned to the target datasets
using the program of ‘‘QAnalyseries2.0.8” (Fig. S3 online) [51,52].

2.4. Time evolutive phase

The evolutive phase relationship was calculated using the cross-
spectral fast Fourier transform analysis. This was implemented
using the crossSpectrum function included in the IRISSeismic R
package [53,54]. This method has been described in detail in Ref.
[17]. We computed the cross spectra using a 1.2-Ma-wide window
with a 0.2-Ma step and extracted the evolutive phase relationship
in the 405-ka bands using a frequency range between 360 and
450 ka. In this study, we adopted the evolution phase results with
a coherence of >0.6 (corresponding to a confidence level of �97.5%
of no-zero coherence).

2.5. Eccentricity sensitivity

We define the 405-ka eccentricity sensitivity (Secc) of a proxy as

Secc ¼ r2
proxy=r

2
eccentricity; ð1Þ

where r2
proxy is the eccentricity variance in the proxy records, in

units of 10�6, and r2
eccentricity is the variance of the theoretical eccen-

tricity solution. We quantified Secc using the multi-taper method of
time–frequency power spectrum integration via the astrochron R
package. Prior to analysis, proxy records were interpolated to evenly
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spaced sequences with a step equal to their original resolution. The
eccentricity series was also resampled with a resolution equivalent
to the proxy records. Long-term trends of the proxy records were
removed from their respective 1 Ma window. We used 2p prolate
data tapers for time–frequency analyses with a 1 Ma window and
a 0.1 Ma step, and extracted the prominent 405-ka eccentricity sig-
nal from the frequency range between 360 and 450 ka. Details of the
method and code can be found in Ref. [55].

2.6. Model description

(i) Physical scheme. Our biogeochemical box model consists of
an atmosphere box ‘‘A” and six ocean boxes (Fig. S4a online). The
surface ocean (above 200 m) is divided at 45�N/S and contains a
southern box ‘‘S”, an equatorial box ‘‘E” and a northern box ‘‘N”.
The deep ocean (200–2500 m) contains a northern deep box ‘‘D”
and a southern intermediate box ‘‘I”. The boundary between ‘‘D”
and ‘‘I” is also at 45�S. The bottom-ocean box ‘‘B” covers the
water-depth range of 2500–4500 m. The flow Q1 represents the
Northern Component Water and the flow Q2/Q3 represents the
Southern Component Water. They are analogous to the modern
ocean circulation. Symbols such as ‘‘fsi” indicate mixing of water
between two adjacent boxes. The volume of each box and the flow
rates are listed in Ref. [56].

(ii) Biogeochemical scheme. The main biogeochemical processes
in our model are shown in Ref. [56] (Fig. S4b online). The atmo-
sphere box receives tectonic degassing CO2 with a d13C value of
�5‰ [57]. Atmospheric CO2 is further consumed by the weather-
ing of silicate rocks. The initial atmospheric CO2 is set at
400 ppm. Surface-ocean boxes receive the dissolved inorganic car-
bon, alkalinity and the nutrient input via chemical weathering of
carbonate and silicate rocks. Weathering rates depend on the con-
centrations of atmospheric CO2. Primary productivity occurs in the
three surface ocean boxes. In this study, we allow the photosyn-
thetic isotope effect (ep) of marine algae to vary with the CO2 con-
centrations according to [58]

25� ep ¼ ða� ½PO3�
4 �Þ þ 38:39

CO2ðaqÞ
� � ; ð2Þ

where a = 0 because riverine phosphate input is almost completely
consumed by algae in our model. [CO2(aq)] is the dissolved CO2 in
the surface ocean. Phosphate concentrations control the export of
particulate organic carbon, which sinks and remineralizes in the
deep and bottom ocean boxes. Only a small fraction of the sinking
particulate organic carbon is ultimately sequestered in sediments.
In the control experiment (CNTR), the fraction of buried organic car-
bon in the bottom box is set at 1% of the primary productivity in
three surface ocean boxes. Deposition and dissolution of carbonate
take place in the equatorial surface and the bottom-ocean boxes.
Shallow water carbonate burial in the equatorial box is initially
set at 9 � 1012 mol/a and varies along with the ETP (the sum of nor-
malized eccentricity, tilt, and precession in the form of E + T�P).
Deep water carbonate deposition and dissolution are controlled

by the concentrations of carbonate ion ( CO2-
3

h i
B
) in the box ‘‘B”.

When the CO2-
3

h i
B
is larger and less than 85 lmol/kg, the burial

and the dissolution of calcium carbonate (CaCO3) will take place,
respectively.
3. Results

3.1. Benthic stable isotope of U1505C

Benthic d18O varies between 0.21‰ and 2.88‰ and shows an
overall increasing trend of �1.07‰ from 21 to 6.25 Ma (Fig. 1a).



Fig. 1. Temporal trend of isotope records from IODP U1505C. (a) Benthic foraminiferal d18O. (b) Benthic foraminiferal d13C. Dark red and blue lines represent the locally
weighted regression smooth splines using a 1 Ma window. The black dashed square indicates the Monterey Carbon Isotope Excursion (MCIE), and the yellow shading marks
the Miocene Climate Optimum (MCO). Two carbon shift events during the Middle and Late Miocene are indicated by arrows. (c, d) Evolutionary multi-taper spectrogram of
benthic d18O and d13C performed using the Acycle [61]. The spectrograms were calculated with a 1 Ma window on the detrended records of benthic d18O and d13C. Prior to
analysis, they were interpolated to evenly spaced sequences with a step of 10 ka.
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We divide the evolution of the d18O record into three phases. The
first phase is between 21 and 16.93 Ma with an average value of
�1.19‰. The amplitude variability is high up to �1.0‰ until
�18.87 Ma, followed by a relatively small oscillation of �0.5‰
between �18.87 and 16.93 Ma. The second phase corresponds to
the MCO, starting with an abrupt d18O decrease of �0.8‰ at
�16.96 Ma and ending with a rapid d18O increase of �0.9‰ follow-
ing the Middle Miocene Climate Transition at �13.83 Ma [6,18,42].
This phase is characterized by the lowest mean d18O value of
1.08‰ and the highest d18O amplitude fluctuation of �1.2‰.
Between �13.83 and 6.25 Ma is the third phase, during which
d18O oscillates around a mean of 2.13‰ with a small amplitude
of �0.4‰ and shows a stepwise increasing trend of �0.93‰.
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In comparison with the benthic d18O record, the d13C record
shows a different long-term trend and short-term variability
throughout 21–6.25 Ma (Fig. 1b). We also divide the evolution of
the d13C record into three phases. The first phase spans 21–
16.68 Ma with an average value of �0.69‰. The second phase coin-
cides with the MCIE (16.68–13.65 Ma) and is marked by a rapid
d13C rise of �1.0‰ at the onset and a relatively high mean value
of 1.26‰ [18,19]. The third phase (13.65–6.25 Ma) shows a secular
d13C decline of 1.28‰, characterized by two episodes of negative
d13C shifts of �1.0‰ at the beginning and at the end of this inter-
val. These two d13C shift events are referred to as the Middle
(13.65–12.09 Ma) and the Late (7.48–6.68 Ma) Miocene Carbon
Shift, respectively [44,48–50]. Taken together, the temporal
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patterns of benthic stable isotope from IODP U1505C are highly
similar to those from the open Pacific and Atlantic Oceans
[6,17–19,30,34,40–47,49,50,59,60]. Additionally, both benthic
d18O and d13C records contain prominent 405-ka cycles, but only
the d18O series shows pronounced variations at the 100-ka cycle
during most periods of 21–6.25 Ma (Fig. 1c, d).
3.2. Time evolutive phase relationship between d18O and d13C

We compiled a total of nine high-resolution benthic foraminif-
eral d18O and d13C records from the 34–6 Ma time interval, using
their astronomically-tuned age models [6,17–19,24,30,31,34,40–
47,49,50,59,60,62] (Fig. 2, Figs. S5–S13 and Table S1 online).
The selected d18O and d13C data were all derived from Cibicidoides
wuellerstorfi and/or Cibicidoides mundulus. These parallel
benthic d18O and d13C sequences show strong and in-phase interac-
tions on the 405-ka eccentricity timescales throughout the Oligo-
mid Miocene (�34–12 Ma) (Fig. 2h and Figs. S5–S15 online).
Between �12 and 6 Ma, the d18O-d13C coherence in the
405-ka bands is relatively weak in many cores due to the
obscuration of the 405-ka cycle in benthic d18O series (Figs. S5–
S7 online).

The evolutive phase analysis reveals that changes in d18O
slightly lead those of d13C by an average of �19.2 ka at the 405-
ka cycle during most of the Oligo-Miocene (Fig. 2h and Fig. S14c
online). However, the period between �16.9 and 14.7 Ma stands
out as an exception, characterized by a d18O-d13C phase shift at
the 405-ka cycle. Reconstructed data from four sites (ODP 1146,
IODP U1337, U1338 and U1505) cover this interval, and they all
show that benthic d13C leads d18O by a mean of �17.0 ka in the
405-ka bands (Fig. 2h and Fig. S14b online). At IODP U1505C, when
employing the minimum tuning age model and conducting a
repeated analysis of the evolutive phase analysis, the d13C-lead-
d18O phenomenon remains (Fig. S16 online). This suggests that this
phase shift is not sensitive to the astronomical tuning methods.
This distinct d13C-lead-d18O period overlaps with the MCO and
large-scale tectonic CO2 emissions (Fig. 2d, e). It is noteworthy that
we do not observe an unambiguous d13C-lead-d18O in the 100-ka
bands during the MCO, probably due to the obscuration of the
100-ka cycle in d13C records during this period (Fig. 1d and
Figs. S5d–S8d online).

In addition, two other periods with the d13C-lead-d18O phe-
nomenon are also found in reconstructed data from two ODP sites
(Fig. 2h and Fig. S14 online), one between 10.80 and 10.60 Ma cor-
responding to the Tortonian Thermal Maximum (ODP 1146)
(Fig. S6 online) [44] and the other between 21.14 and 20.54 Ma
(ODP 1090) (Fig. S9 online) [59]. However, the presence of these
two exceptional periods is not supported by other IODP/ODP sites
(ODP Sites 926, 929, 1218, 1264 and IODP Sites U1337,
U1505) (Figs. S5, S7, and S10–S13 online) [6,24,30,31,40,41,
46,49,50,60,62], which casts doubt on their global extent.
Therefore, we focus only on the d13C-lead-d18O signal during the
MCO.
3.3. Sensitivity of d18O and d13C to eccentricity forcing

We calculated the sensitivity of benthic d18O (Secc-d18O) and
d13C (Secc-d13C) to eccentricity forcing at the 405-ka cycle (Fig. 2f,
g). Secc-d18O and Secc-d13C are relatively low during the Oligocene
(�34–24.5 Ma), with an average value of 0.020�10�6 and
0.034�10�6, respectively. They apparently increase between 24.5
and 13 Ma, featured by several high peaks up to �0.1�10�6–
0.3�10�6. Thereafter, Secc-d18O decreases to low values. In contrast,
Secc-d13C remains relatively high over �13–6 Ma.
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3.4. Simulation of marine d13C variations at the eccentricity cycles

The CNTR experiment was spun at a fixed carbon degassing rate
of 7.78 � 1012 mol/a with a d13C value of �5.0‰ [57] and forced by
the ETP [63] between 17 and 13 Ma (Fig. 3). On the basis of the
CNTR run, three additional sensitivity tests were designed. In the
first scenario (SCEN1), we varied the tectonic CO2 degassing rate
to the atmosphere box, based on the changing CRBG emplacement
and seafloor spreading rates. The timing and amount of carbon
emissions were taken from existing studies [8,11,15] (Fig. 3a and
Table S5 online). In the second scenario (SCEN2), the fraction of
buried organic carbon relative to the settling organic matter was
made variable, assuming that more deep-sourced carbon entering
the atmosphere would result in broader flooding of continental
shelves, enhancing the burial of organic carbon. This fraction was
arbitrarily set between 0.75% and 3% (Fig. 3b and Table S6 online).
In the third integrated experiment (INT), we adopted both forcings
used in the SCEN1 and SCEN2 (Fig. 3c).

In the control experiment (Fig. 3), both simulated atmospheric
pCO2 and d13CCNTR of dissolved inorganic carbon in the deep ocean
show strong variance in the 405-ka bands between 17 and 13 Ma,
following the temporal pattern of the ETP. Compared to the CNTR
(Fig. 3a), the relatively high deep-sourced carbon input in the
SCEN1 experiment during 16.7–14.9 Ma elevates the mean pCO2

level by �137 ppm and causes a more depleted d13CSCEN1 by
�0.4‰. Between 14.9 and 13 Ma, when the tectonic CO2

degassing rate falls below the background level, the mean pCO2

is �106 ppm lower and the mean d13CSCEN1 is �0.6‰more positive
than the CNTR results. The evolutive phase analysis suggests that
d13CSCEN1 leads d13CCNTR by an average of 3.1 ka in the 405-ka
bands during 16.7–14.9 Ma. This phase offset shifts to nearly zero
during 14.9–13 Ma, along with a reduced effect of the carbon
injection.

In the SCEN2 experiment (Fig. 3b), changes in the fraction of
organic carbon burial have a negligible effect on the atmospheric
pCO2, which could be attributed to the buffering effect of ocean
alkalinity. A higher organic burial rate corresponds to a decrease
of ocean alkalinity and a lower capacity to sequester dissolved
CO2 in the ocean (Fig. S17 online). Conversely, the higher organic
carbon burial during 17–13.8 Ma results in a significantly more
positive excursion of d13CSCEN2 than d13CCNTR, with an average shift
of �0.66‰. Moreover, d13CSCEN2 leads d13CCNTR by an average of
�6.9 ka at the 405-ka cycle.

In the INT experiment (Fig. 3c), atmospheric pCO2 are deter-
mined by the tectonic degassing rates, thus showing a similar pat-
tern to the SCEN1 result. The effect of isotopically depleted carbon
input seems to be counterbalanced by enhanced organic carbon
burial between 17 and 14.9 Ma, giving rise to a moderate change
in d13CINT compared to d13CCNTR. However, increases in both the
tectonic degassing rates and organic carbon burial combine to
cause an apparent d13CINT-lead-d13CCNTR phenomenon in the 405-
ka bands, with an average lead of 12.1 ka between 17 and 14.9 Ma.
4. Discussion

4.1. The mysterious Monterey carbon isotope excursion

The �1.0‰ positive excursion in global ocean d13C during
�16.7–13.6 Ma (Figs. 1b, 2c and Figs. S5b–S8b online) has long
been a mystery [4,8,19,21,23]. Recent advances have further com-
plicated the mechanism of the MCIE. First, current estimates of tec-
tonic degassing rates during the MCO, sourced from the CRBG
emplacement and ocean crustal production, are considerably
higher than previously thought [8,11,15]. This deep-sourced car-
bon is assumed to have a light isotope value of �5‰ [57], which



Fig. 2. Evolutive phase relationship between benthic d18O and d13C records at the 405-ka cycle during the Oligo-Miocene. (a) Locations of the sites discussed in this study
[6,17–19,24,30,31,34,40–47,49,50,59,60,62], highlighting the new IODP Site U1505 (red star). (b, c) Overview of the benthic d18O and d13C records with the evolution of the
polar ice sheets (gray shadow) [6]. (d) Global ocean crust production rates (purple curve) with 95% confidence intervals [15]. (e) Reconstructed atmospheric CO2 levels derived
from boron isotope (red triangle) and alkenone (blue square) [2]. The occurrence of the Columbia River Basalt Group (CRBG) is shown by an orange rectangle [8,11] (f, g)
Eccentricity sensitivity of benthic d18O and d13C (Secc-d18O and Secc-d13C) from selected IODP/ODP sites. (h) Evolutive phase relationship between d18O and d13C records in the
405-ka bands. Only results with a coherence >0.6 are presented. Positive and negative phase relationships indicate that d18O leads and lags d13C, respectively. Yellow shading
marks the period when d13C leads d18O during the MCO.
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is much more negative than the d13C of marine inorganic carbon.
Second, the mid-Miocene is the period with the lowest organic car-
bon accumulation rate in the global deep ocean throughout the
Neogene, as warm seawater is inferred to stimulate the
temperature-dependent microbial degradation of organic matter
[64]. Both processes should have caused a negative excursion
rather than a positive shift in marine d13C.

Initially, the Monterey Hypothesis was proposed that invigo-
rated coastal upwelling has led to marine algal blooms and organic
828
carbon burial in the circum-Pacific Ocean, eventually causing the
positive d13C shift in global ocean [23]. This explanation is partly
supported by the widespread deposition of the oil-rich Monterey
Formation along the Californian coast [21,65]. Indeed, ocean mar-
gins could serve as critical organic carbon reservoirs under warmer
climatic conditions [22], given that modern continental shelves
contribute �80% of organic carbon burial in sediments [66]. Fur-
thermore, peat/lignite was extensively deposited both on land
and on the drowning continental shelves during the MCO, due to



Fig. 3. Comparison of simulation results in different experiments. Comparison between the CNTR and the SCEN1 (a), the CNTR and the SCEN2 (b), and the CNTR and the INT
(c). Modelling forcings include changes in the ETP, the tectonic degassing carbon input (Tg = 1012 g), and the fraction of buried organic carbon. Model outputs presented here
are atmospheric CO2 concentrations and the d13C of dissolved inorganic carbon in bottom waters. The evolutive phase relationship between the d13CCNTR and the
d13CSCEN1/SCEN2/INT at the 405-ka cycle is shown.
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higher temperatures and enhanced low-latitude hydrological cycle
[4,67,68]. Thus, despite the opposite role of deep seas, there may
still have been an overall increase in organic carbon sequestration
on a global scale during the MCO.

Since our box model does not include the terrestrial carbon
reservoir and the process of organic matter burial in shallow seas
(Fig. S4 online), we increased the seafloor organic carbon seques-
tration as an approximate approach to simulate the growth of
organic carbon deposition over the globe. In the model, an increase
in fraction of buried organic matter from 1% to 2%–3% can effec-
tively enrich the d13C of ocean inorganic carbon pool (Fig. 3b).
However, this remains insufficient to overcompensate for the
effect of massive carbon emissions between 16.7 and 14.9 Ma,
and our experiment is unable to generate a 1.0‰ positive excur-
sion in marine d13C (Fig. 3c).

Another suggestion is that strengthened d13C fractionation dur-
ing photosynthesis in marine algae at high CO2 levels may facilitate
the transfer of more 12C from the atmosphere–ocean system into
buried organic matter [8,58]. In our model, the photosynthetic
d13C fractionation of marine algae was set variable and changed
with atmospheric pCO2. However, comparing the results between
829
CNTR and SCEN1 experiments, the mean d13CSCEN1 is still �0.40‰
depleted than the d13CCNTR during 16.7–14.9 Ma (Fig. 3a). This indi-
cates that the photosynthetic isotope effect alone is not enough to
drive the long-lived MCIE, either.

Therefore, additional light carbon reservoirs are required to
store 12C from the atmosphere and the marine inorganic carbon
pool. The dissolved organic carbon reservoir in the ocean may play
such a role. The substantial increase in remineralization of partic-
ulate organic matter and the stimulation of microbial activity dur-
ing the MCO [64] may have contributed to the expansion of the
dissolved organic carbon reservoir [69], which could promote 12C
sequestration. This idea needs to be tested by biogeochemical
models that include the marine dissolved organic carbon module.

4.2. Carbonate deposition shift accounts for synchronized climate-
carbon cycle

The long-lasting MCIE was superimposed by eight d13C maxima
events, which co-varied with d18O on the 405-ka eccentricity time-
scale [19,21]. Such in-phase d18O-d13C behavior has been observed
throughout the Oligo-Miocene [6,17–19,24,30,31,34,40–47,49,50,



Fig. 4. Cartoons illustrating the mechanisms for d13C-lead-d18O at the 405-ka cycle
during the MCO. (a) Eccentricity maxima can cause a shrinkage of the Antarctic ice
volume and an increased 16O (isotopically light oxygen) transfer to the ocean.
Simultaneously, enhanced monsoons and continental weathering can transport
more alkalinity and nutrients to the ocean, releasing more 12C-enriched carbon into
the deep sea. (b) During eccentricity minima, the opposite processes occur.
Therefore, benthic d18O-d13C interactions are nearly in phase at eccentricity cycles.
(c) Cross-spectral coherence and phase angles between parallel d18O and d13C
records from IODP/ODP Sites 1146 [6,17,19,34,42–44], U1337 [6,18,40,45,49,50],
U1338 [6,45,47] and U1505 for the MCO interval, and they show that variations of
benthic d13C lead those of d18O in the 405-ka bands. In general, the relatively long
residence time of carbon in the deep ocean facilitates a lead of benthic d18O relative
to d13C. The MCO greenhouse effect is likely to have accelerated the response of
marine carbon cycle to eccentricity forcing, generating the d13C-lead-d18O scenario.
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59,60,62] (Fig. 2h and Figs. S5–S15 online) and attributed to the
control of eccentricity on both Antarctic ice volume and net carbon
transfer between the land biosphere and the ocean [17].

Here, we propose that shifts in the center of carbonate deposi-
tion between pelagic environments and shallower waters may also
contribute to this in-phase phenomenon [56,70]. Eccentricity max-
ima (Fig. 4a) have resulted in warmer climatic conditions and
shrinkage of the Antarctic cryosphere, leading to sea-level rise
and a decrease in seawater d18O. Simultaneously, strong monsoon
rainfall and chemical weathering at low latitudes could transport
more alkalinity and nutrients into the ocean. The increased alkalin-
ity input is inferred to cause massive carbonate accumulation on
the submerged continental shelves, sequestering isotopically
heavy carbon (13C) in shallow-sea sediments and dropping deep-
sea d13C. Model results also show that a rise of 30 � 1012 mol/a
in shallow-sea calcium carbonate burial coincides with a reduction
of �30 lmol/kg in deep-sea carbonate ion concentrations, along-
side a decrease of �1‰ in the deep sea d13C (Fig. S18 online)
[56]. Conversely, the opposite processes have occurred during peri-
ods of eccentricity minima (Fig. 4b).

Overall, eccentricity-driven variations of benthic d18O and d13C
during the Oligo-Miocene were two independent processes. The
former was related to ice-volume fluctuations in the southern high
latitudes, and the latter was determined by the low-latitude hydro-
logical cycle. This is in sharp contrast to the scenario during the
Plio-Pleistocene, when benthic d18O-d13C interactions were anti-
phase at the 405-ka cycle, and both were controlled by high-
latitude climate processes [17]. Consequently, tropical climate pro-
cesses played a dominant role in regulating the marine carbon
cycle when Earth’s climate was in a warm state during the Oligo-
Miocene.

4.3. Accelerated marine carbon cycle during the MCO

Although their overall interactions are in-phase throughout the
Oligo-Miocene, an average lag of benthic d13C relative to d18O of
�17.0 ka is found at the 405-ka cycle (Fig. 2h, Figs. S5e–S13e and
S14c online). This phase lag has been explained by the �65 ka res-
idence time of carbon in the ocean [17,24,30,31]. In this study, we
unravel an observation of d13C-lead-d18O in the 405-ka bands dur-
ing the MCO (Figs. 2h (yellow shadow) and 4c and Figs. S14b
online), suggesting that the response of marine carbon cycle to
the eccentricity forcing is accelerated and becomes faster than that
of the climate-cryosphere system. Previously, De Vleeschouwer
et al. [17] found a d13C-lead-d18O phase relationship in the 100-
ka bands during the Miocene, when precession amplitudes
exceeded a certain threshold due to the modulation of the 2.4-
Ma cycle. However, their explanation probably cannot be applied
to the d13C-lead-d18O phenomenon at the 405-ka cycle, because
the amplitude of the 405-ka cycle is only weakly modulated by
the 2.4-Ma cycle (Fig. S19 online) [63].

Supported by both marine and terrestrial proxies, the MCO rep-
resents one of the strongest monsoon periods across the entire
Miocene (Fig. S20 online) [32–36,44,71–75]. However, a further
analysis of the phase relationship between monsoon precipitation
indicators and the 405-ka eccentricity cycle is impeded by the cur-
rent scarcity of high-resolution data. At the same time, while the
deep ocean plays an opposing role [64], a potential global net rise
in organic carbon burial during the MCO remains plausible [4,66–
68]. Our model results suggest that the elevation of weathering
fluxes concerning silicates and carbonates, associated with an aug-
mentation in organic carbon burial, can shorten the residence time
of carbon in the deep-sea reservoir (Fig. 3 and Fig. S21 online). Fur-
thermore, the higher Secc-d13C since the onset of MCO indicates
that the oceanic carbon cycle is more sensitive to the 405-ka eccen-
tricity forcing (Fig. 2g). Taken together, we propose that enhanced
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chemical weathering triggers faster propagation of 12C-enriched
carbon from the atmosphere to the ocean, while increased photo-
synthetic d13C fractionation in marine algae and organic carbon
burial accelerates the 12C removal from the ocean (Fig. 4). Addi-
tionally, more riverine alkalinity input to the ocean leads to mas-
sive carbonate accumulation along the continental margins,
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speeding up the transfer of 13C from seawater to sediments (Fig. 4).
Ultimately, these low-latitude climate processes give rise to a
moderate but explicit phase shift between benthic d18O and d13C
at the 405-ka cycle during the MCO (Figs. 2h (yellow shadow), 4c
and Fig. S14b online). Since our model does not account for ice-
sheet processes and oxygen isotope (Fig. S4 online), we cannot
directly test changes in the phase relationship between d18O and
d13C. In the future, isotope-enabled general circulation models,
coupled with a dynamic Antarctic volume and carbon-cycle, are
needed to test our hypothesis.
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