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Wepresent here the results of detailedmapping, lithofacies analysis and stratigraphy of the Neogene James Ross
Island Volcanic Group (Antarctic Peninsula) in the Cerro Santa Marta area (northwest of James Ross Island), in
order to give constraints on the evolution of a glaciated volcanic island. Our field results included recognition
and interpretation of seventeen volcanic and glacial lithofacies, together with their vertical and lateral arrange-
ments, supported by four new unspiked K–Ar ages. This allowed us to conclude that the construction of the vol-
canic pile in this area took place during two main eruptive stages (Eruptive Stages 1 and 2), separated from the
Cretaceous bedrock and from each other by twomajor glacial unconformities (U1 and U2). The U1 unconformity
is related to Antarctic Peninsula Ice sheet expansion during the late Miocene (before 6.2 Ma) and deposition of
glacial lithofacies in a glaciomarine setting. Following this glacial advance, Eruptive Stage 1 (6.2–4.6 Ma) volca-
nism startedwith subaerial extrusion of lava flows fromanunrecognized vent north of the study area, with erup-
tions later fed from vent/s centered at Cerro Santa Marta volcano, where cinder cone deposits and a volcanic
conduit/lava lake are preserved. These lava flows fed an extensive (N7 km long) hyaloclastite delta system that
was probably emplaced in a shallowmarine environment. A second unconformity (U2)was related to expansion
of a local ice cap, centered on James Ross Island, which truncated all the eruptive units of Eruptive Stage 1. Con-
comitant with glacier advance, renewed volcanic activity (Eruptive Stage 2) started after 4.6 Ma and volcanic
products were fed again by Cerro Santa Marta vents. We infer that glaciovolcanic eruptions occurred under a
moderately thin (~300 m) glacier, in good agreement with previous estimates of paleo-ice thickness for the
James Ross Island area during the Pliocene.

© 2015 Elsevier B.V. All rights reserved.
1. Introduction

The reconstruction of eruptive environments within insular and
glaciated volcanic terrains can be a difficult task, especially in old (pre-
Quaternary) sequences. The James Ross Island Volcanic Group (JRIVG)
is one of the largest Cenozoic mafic volcanic fields of Antarctica
(Smellie, 1990) and represents an excellent example of such terrains,
given that it records a long history (~6 Myr) of volcano–ice and volca-
no–sea interactions. JRIVG was formed by late Miocene-Recent alkali
basaltic lavas which interacted in different degrees with external water
(i.e., seawater and glacial ice) (Smellie, 1999; Smellie et al., 2006a,
2008). The presence of fossil-bearingmarine and glacial strata, intimately
nes en Ciencias de la Tierra
.
o_geo@yahoo.com.ar
associatedwith eruptive units, are important proxies to help unravel this
region's paleoclimatic and volcanic history for the last ~6 Myr (Smellie
et al., 2006a, 2008, 2009; Hambrey et al., 2008; Williams et al., 2010;
Nývlt et al., 2011). Several publications, concerned with the eruptive
history of JRIVG (see Smellie, 2006; Smellie et al., 2008), chose a rather
regional approach, covering the bulk of the JRIVG. However, detailed
studies over small areas are fundamental to construct a clearer picture
of its volcanic evolution. This includes full understanding of their relation-
shipswith epiclastic strata, recognition of unconformities between differ-
ent units and the discovery of undocumented eruptive centers.

James Ross Island is considered a large polygenetic shield volcano
and Mt. Haddington (Fig. 1, 64.21°S–57.63°W) seems to be the main
vent area (Smellie, 1990). However, in some areas of the James Ross Is-
land (Ulu Peninsula, Fig. 1) volcanic strata dip towards the ice-capped
Mt. Haddington volcano, implying that some of the eruptive units
were emitted from satellite vents (see Smellie et al., 2008; Nehyba
and Nývlt, 2014). One of these locations is the Cerro Santa Marta area,
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Fig. 1. Location map showing: a. the Antarctic continent with a box marking the northern tip of the Antarctic Peninsula, b. Antarctic Peninsula's northern tip, showing the location of
James Ross Island (inset box) and the Argentine Marambio station, and c. James Ross Island map, showing the outcrops of the James Ross Island Volcanic Group (JRIVG), the ice-free
and ice-covered terrain. The dashed red square marks the study area in Fig. 2. Cerro Santa Marta/Smellie Peak (CSM) and Massey Heights (MH) are highlighted in yellow. Eugenia,
Coley, Marina and Elba refer to four Holocene monogenetic volcanoes. The J.G. Mendel station (Czech Republic) is also shown. Other localities discussed in the text are also shown.
Key for abbreviations: JR James Ross Island, VI Vega Island, SHI Snow Hill Island, MI Marambio/Seymour Island, TP Tabarin Peninsula, DI Dundee Island, PGC Prince Gustav Channel, PM
PatalamonMesa, TH Terrapin Hill, LC Lachman Crags, DD Davies Dome, SN Seacatch Nunataks, BH Bibby Hill. (For interpretation of the references to color in this figure legend, the reader
is referred to the web version of this article.)
Adapted from Strelin and Malagnino (1992).
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in the northwest region of James Ross Island (Fig. 1). It includes two vol-
canic hills, Cerro Santa Marta and Massey Heights, where foreset beds
dip towardsMt. Haddington. Therefore, an eruptive vent located north-
west of Mt. Haddington is more probable, as originally noted by Strelin
et al. (1987). We present here our stratigraphic interpretation of the
volcano-epiclastic succession within the Cerro Santa Marta area, based
on detailed field mapping, lithofacies description, and unspiked K–Ar
dating, which allowed us to postulate that at least two main eruptive
centers within this region acted as peripheral vents of theMt. Hadding-
ton shield volcano, during late Miocene/early Pliocene times. These
vents were most likely responsible for the deposition of the volcanic
pile now exposed at Massey Heights. Our results provide new insights
into James Ross Island's volcanic eruptive environments and their chro-
nological evolution together with paleoclimatic implications for the
area during late Miocene/early Pliocene times.

2. Geological background

2.1. Geographic location and geochronology of the JRIVG

The JRIVG comprises a suite of back-arc alkaline basalts (Hole et al.,
1995; Košler et al., 2009) widely distributed over more than 5000 km2

between 63.5° and 64.5°S on the eastern side of the Antarctic Peninsula
(Fig. 1), and whose eruptions took place over a long period of time
(N6 Myr). The most voluminous and best exposed outcrops are found
on James Ross and Vega Islands (Fig. 1). James Ross Island, with an
area exceeding 2500 km2 and a N–S length of ~65 km, is the largest
island on the east side of the Antarctic Peninsula, fromwhich it is sepa-
rated by a narrow (10–20 km) and deep (~1280m) sea strait known as
Prince Gustav Channel (Fig. 1). The northwestern region of the island,
referred to asUlu Peninsula (Fig. 1), is a less glaciated area characterized
by tidewater outlet glaciers, different types of valley glaciers and minor
ice caps on top of volcanic mesas (Strelin and Malagnino, 1992; Engel
et al., 2012), which provides accessible and well-exposed eruptive
units. Less voluminous basaltic outcrops are found on several smaller
volcanic islands along Prince Gustav Channel, reaching as far north as
Cape Purvis on Dundee Island (Fig. 1, Smellie et al., 2006b). Within the
Antarctic Peninsula overall, JRIVG localities are restricted to Tabarin
Peninsula (Skilling, 1994; Smellie et al., 2006b). To the east of James
Ross Island, on Marambio/Seymour and Snow Hill Islands (Fig. 1),
JRIVG is represented by basaltic dikes and plugs intruding Cretaceous–
Paleogene sedimentary rocks (Massabie and Morelli, 1977). Overall,
the maximum thickness of the JRIVG probably reaches more than
1400 m at Mt. Haddington (Smellie, 1990).

Earlier geochronological studies using the conventional K–Ar meth-
od (Rex, 1976; Massabie and Morelli, 1977; Sykes, 1988; Lawver et al.,
1995), together with more recent 40Ar/39Ar dating (Kristjánsson et al.,
2005; Smellie et al., 2006a, 2006b, 2008; Nývlt et al., 2011) showed
that in-situ outcrops afford ages between ~6.2 Ma (late Miocene) and
~0.13 Ma (late Pleistocene), but eruptions probably started as far back
as ~12 Ma (Marenssi et al., 2010). With the available geochronological
and field data, Smellie et al. (2008) concluded that at least fifty erup-
tions built the volcanic pile in ~6 Myr. The presence of four pristine
monogenetic cones (Eugenia, Coley, Marina and Elba in Fig. 1), erupted
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over Mt. Haddington's ice cap, suggests that volcanic activity continued
into the Holocene (Strelin et al., 1993). However, there are no available
radiometric ages for these pyroclastic monogenetic volcanoes that we
know of.

2.2. Eruptive environment/s of the JRIVG

The most prominent feature of JRIVG is voluminous (tens of km3)
sequences of stacked lava-fed deltas, which unconformably overlie
tilted marine Cretaceous sediments part of the James Ross basin (del
Valle et al., 1992). Lava-fed delta sequences are formed by subhorizontal
lava flows capping foreset-bedded, palagonitized hyaloclastite breccias,
dipping at high angles (~15–30°) (Jones and Nelson, 1970; Nelson,
1975). These features indicate the entrance of subaerial, mostly
pāhoehoe-type lava flows, into a large body of water (Jones and
Nelson, 1970), which leads to lava fragmentation and gravity-driven
Fig. 2.Geologicalmap of the Cerro SantaMarta area based on aerial photographs and our ownfie
(CzechGeological Survey, 2009)with an interval of 50m, except for the 10m line. Stars indicate
K–Ar method are also shown.
deposition of volcanic debris (mostly pillow fragments) downslope.
Breccia sheets will start to prograde as clinoforms, leading to the forma-
tion of coarse-grained volcaniclastic deltas, similar to their sedimentary
analogs, Gilbert-type alluvial deltas (Porębski and Gradzinski, 1990;
Skilling, 2002). The zone where a subaerial, initially coherent lava flow
will suffer fragmentation (explosive or non-explosive) due to direct
contact with external water is commonly referred as passage zone and
is classically considered a good indicator of paleo-level of the water
body (e.g., Jones and Nelson, 1970; Smellie, 2006) at the moment of
lava-fed delta emplacement, although some problems may arise with
this interpretation, especially when considering passage zones as
paleo-shoreline indicators (seeWatton et al., 2013). However, as point-
ed out by these same authors, in settings where the pāhoehoe lava flux
is high due to coalescence into larger inflated sheets (Self et al., 1998),
the fragmentation front at the delta leading edge quickly develops and
advances in the sense of delta progradation, which may translate in
ldwork. The contour lines are taken from the James Ross Island 1:25,000 topographicmap
the recognized but notmappable glacial diamictite outcrops. Locations of samples dated by
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well-defined passage zones, as is the case in the JRIVG (Skilling, 2002).
Thus, in this case, passage zones are good proxies of paleo-water levels
and the thickness of the subaqueous portion of the delta (i.e., foreset-
bedded pillow breccias) may be considered a good approximation of
the available accommodation space at the time of delta emplacement
(i.e., water depth). Moreover, the geometries of well-defined passage
zones (i.e., JRIVG) may help unravel the nature of the coeval water
body at the time of lava-fed delta emplacement (Smellie, 2006).

For the JRIVG, Nelson (1975) inferred that lava-fed deltas were
emplaced in a marine setting and concluded that variations in passage
zone height represented eustatic sea level changes at the time of volca-
nic activity. Carrizo et al. (1998) agreed with Nelson's (1975) interpre-
tation, but they postulated that passage zone height changes do not
necessarily represent eustatic sea level oscillations. A different interpre-
tation was given by several authors (Smellie et al., 1988; Smellie, 1990,
1999; Hambrey et al., 2008), who proposed that the bulk of the JRIVG
was emplaced in a glaciovolcanic setting (i.e., volcanic products formed
as some kind of lava–ice interaction; Smellie, 2006), given the close as-
sociation between volcanic and glacial lithofacies. Moreover, abrupt
changes in passage zone altitudes reflect a very dynamic water system
with constant variations in the water level in a short time, which are
difficult to explain by long-term eustatic sea level variations, but can
be more typical of englacial settings (Skilling, 2002; Smellie, 2006;
Smellie et al., 2008). Nevertheless, several tuff cone deposits of variable
ages were probably emplaced in a marine setting, given the presence of
marine fossils, such as the case of the late Miocene tuff cone deposits
from Patalamon Mesa (Fig. 1), where asterozoans moulds are perfectly
preserved at ~300 m above the present sea level (Williams et al.,
Fig. 3. Representative stratigraphic logs from Cerro Santa Marta and Massey Heights. Log locat
Marta, whereas logs 5 to 13, including those from Meseta de las Lagunitas, represent the Mass
fromHambrey and Glasser (2003). Asterisks indicate stratigraphic logs constructed from slide-b
and red lines indicate unconformity U1 and U2, respectively. Rose diagram of clast fabric patte
SW–NE clast orientation. For detailed log descriptions see the electronic Supplementarymateria
the web version of this article.)
2006). Terrapin Hill (Fig. 1) is another example of a marine-emplaced
tuff cone during Pleistocene times (Smellie et al., 2006a). In some loca-
tions (LachmanCrags andHamilton Point, Fig. 1), constant passage zone
altitudes over several kilometers suggest a marine emplacement for
those lava-fed deltas (Smellie et al., 2006a, 2008).

Associated with volcanic rocks, many mixed and pure glacial strata
are found overlying the Cretaceous bedrock as well as interbedded
within the volcanic succession. These glacial (both subglacial and
glaciomarine) deposits, locally bearingmarine shell remains, are impor-
tant paleoclimatic proxies, and thus the focus of many detailed sedi-
mentological and paleontological studies (Bibby, 1966; Pirrie et al.,
1997; Strelin et al., 1997; Jonkers, 1998; Jonkers et al., 2002; Lirio
et al., 2003; Hambrey and Smellie, 2006; Nelson et al., 2009; Williams
et al., 2010; Nývlt et al., 2011) that showed that both glacial and inter-
glacial conditions existed during Neogene times. Moreover, strontium
isotopemeasurements onmarine shells also give time constraints relat-
ed to cyclicity of warmer, ice-poor conditions (interglacials) and cold,
glacial periods (Smellie et al., 2006a; Nelson et al., 2009; Nývlt et al.,
2011; Pirrie et al., 2011).

3. Methodology

We performed our field work during the austral summers of 2008,
2010, 2012 and 2014. The geological mapping was supported by satel-
lite and aerial imagery, together with detailed field observations
(Fig. 2). Stratigraphic logs were made at several locations but only the
thirteen most representative logs are presented (Fig. 3). The logging
methodology involved: bed thickness measurement using different
ions are shown in the inset map. Logs 1 to 4 show the general stratigraphy at Cerro Santa
ey Heights succession. The logging key for textures and sedimentary structures is adapted
locks. NewunspikedK–Ar ages are shown on stratigraphic logs 2 and 5. Thick, dashed blue
rn of 25 clasts (n) from the glacial diamictite in log 2, found at 620 m a.s.l. Note the strong
l. (For interpretation of the references to color in this figure legend, the reader is referred to



Table 1
Summary of volcaniclastic, coherent and glacial lithofacies, including a brief description and interpretation. Formore detailed descriptions see the electronic Supplementarymaterial. Key
to abbreviations: CSM Cerro Santa Marta, MH Massey Heights, LM Meseta de las Lagunitas.

Lithofacies Code Thickness
(m)

Locality Description Interpretation

Volcaniclastic lithofacies
Foreset-bedded
pillow breccia

Bpw ~200 CSM–MH Pillow breccias, weakly cross-stratified, planar to
tangentially, foreset-bedded and intensely palagonitized.
Bed dips between 15 and 30°. Form sets 30–80 m thick.
Internally, beds are matrix-supported, massive and rarely
show evidence of grading, but when present is usually
inverse. Bedding is diffuse and contacts between beds are
sharp to gradational. Clasts are pillow-derived fragments
(Fig. 7d). Matrix is composed of lapilli-sized vitroclasts,
although more crystalline clasts are present. Vitroclast's
shapes are variable, but equant and poorly-vesiculated
clasts prevail, which shows sharp curvilinear or
vesicle-bounded edges.

Hyaloclastite breccias formed by quenching and
predominantly non-explosive fragmentation of
subaerially-erupted lava flowing into a water body,
forming a hyaloclastite delta front. Deposition from
mass-wasting to avalanching.

Massive pillow
breccia

Bpm 45 CSM–MH Pillow breccias, massive to very poorly-bedded, laterally
grading to massive pillow lavas (Fp). Also interbedded
between subhorizontal tabular lava flows (Ft).
Petrographic characteristics are similar to Bpw subtype,
with predominance of equant and poorly-vesiculated
clasts, with sharp curvilinear or vesicle-bounded edges.

Subaqueous, gravity-driven re-sedimentation of pillow
lavas by gravitational mass-wasting. Layers between Ft
lithofacies indicate that these lava flows entered a water
body.

Tuff breccia and
lapilli tuff

TB–LTs 35 CSM–MH Matrix- to clast-supported, massive tuff breccia beds (30 to
45 cm thick) and alternation of thinner lapilli tuff beds
(15–25 cm thick), with common lenticular geometries and
bed amalgamation. Thicker beds usually show normal
grading (Fig. 5f), but crude reverse grading is also common.
Cross-bedding with large wave lengths is also observed.
Basaltic clasts range from completely glassy pillow rims to
holocrystalline massive basalt clasts. The matrix is
composed fine lapilli and ash vitroclasts with blocky and
equant shapes, and flat and curvilinear edges (Fig. 5g).

Fragmentation processes varied from non-explosive
magma quenching (tuff breccia beds) to more explosive
magma–water interaction (lapilli tuff beds). Deposition
mechanism was concentrated, subaqueous cohesionless
debris flows. The massive, clast-supported tuff breccias
are probably related to sudden, gravitational mass-flow
deposits.

Weakly-bedded
tuff and lapilli
tuff

T–LTw 25 MH–CSM–LM Yellow coarse tuffs and lapilli tuffs, matrix- to
clast-supported with medium to very thick
planar-bedding (Fig. 7e). Common normal grading. The
beds are composed mainly of glassy, variable vesiculated
lapilli-sized juvenile vitroclasts, with very rare occurrence
of accidental, crystalline, non-vesiculated basalt
lithoclasts. The matrix is composed of highly-vesiculated
ash-sized vitroclasts, with spherical to elongated vesicles.
Vitroclasts edges are usually irregular, bounded by vesicle
walls, but sharp and planar edges are also discernible,
commonly in the vesicle-poor vitroclasts (Fig. 7f).

Tephra jets product of Surtseyan-type explosive
hydromagmatic eruptions, in a shallow water body.
Deposition as fallout and/or vertical density currents. The
lack of evident lamination indicates high magma output,
product of continuous tephra uprush.

Planar- and
cross-bedded
tuff and lapilli
tuff

Tsc 15 MH Thinly- to thickly-laminated yellow tuffs (beds between
10 and 60 cm thick) with minor proportion of lapilli tuffs
and alternating beds with cross- and planar-bedding.
Small scale cross-beds are formed by well-developed,
B-type climbing ripples. Channel-like beds, with erosive
basal contacts and lapilli-rich beds with normal grading
are also observed.

Pyroclastic tuff material deposited in low flow regime
conditions, product of tractional unidirectional flow.

Mudstone and
siltstone

Ms 100 MH Flat-lying, rhythmically-laminated, greenish mudstones
and siltstones. Each bed is internally massive and between
1 and 15 cm thick. Lamination is planar. At several
locations, contacts with T-LTw lithofacies are usually
product of load deformation caused by the thick pile of
pillow breccias overlying both lithofacies (see Fig. 6b). In
thin section, this lithofacies is too fine-grained for
component recognition but volcanic ash predominates.

Distal layer-by-layer deposition (delta bottomset) of fine
tephra particles (subaqueous ash plume) product of
high-density sediment gravity flows.

Scoriaceous
lapilli and
bomb

L–Bw 35 CSM Reddish scoriaceous lapilli and bomb beds (Fig. 5d),
medium to very thickly-bedded and matrix- to
clast-supported. Poor welding predominates, although
welded deposits (spatter) are locally abundant, formed by
highly-flattened and coalesced scoriaceous bombs with
lower percentage of lapilli matrix. In proximal sections,
beds are commonly massive and include higher
percentage of fluidal and spindle bombs (Fig. 5d),
whereas in distal parts beds are lapilli-rich,
clast-supported, and inversely graded.

Product of strombolian and hawaiian eruptive activity in a
central vent (i.e., cinder cone).

Megabreccia MB 40 CSM Clast-supported megabreccia forming a wedge-shaped
deposit. Consist in very poorly-sorted, monomict lithic
breccias. Crystalline, mostly angular and subangular,
oxidized, up to 2 m in diameter basalt clasts are the main
constituents. Jigsaw-fit structures are very common, as well
as prismatic joints and cooled edges. Matrix is extremely
scarce and is constituted by non-vesiculated ash shards.

Volcanic debris avalanche product of “hot” deposition,
probably during eruption. Collapse product of dike
injection or flank collapse.

(continued on next page)
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Table 1 (continued)

Lithofacies Code Thickness
(m)

Locality Description Interpretation

Coherent lithofacies
Tabular lava Ft 50 CSM–MH–LM Subhorizontal, stacked and tabular compound lava flows

(Fig. 5c), with variable flow unit thickness between 0.5 and 4
m. Holocrystalline massive cores, with flow aligned vesicles,
reddish scoriaceous bases and tops, where ropy textures are
also common. Jointing is rare, but platy joints are observed.

Subaerial, inflated pāhoehoe-type lava flows.

Pillow lava Fp 45 CSM–MH Massive pillow lava lobes with mound-like morphology
(Figs. 4 and 5d). Pillow lobe cross-sections are ellipsoidal,
subspherical and slightly flattened, with massive to
poor-vesiculated, porphyritic cores and glassy rims
between 1 and 3 cm thick. The pillow lobes dip in different
directions with angles of up to 15°. Inter-pillow space is
usually filled with lenticular patches of palagonitized,
non-vesicular glassy lapilli.

Subaqueous eruptions under high hydrostatic pressure,
low effusion rates, gentle slopes and high cooling rates.

Columnar-jointed
lava

Fj 70 CSM Lavas with columnar-jointing of the entablature-type, fed
by relatively thin subvertical dikes and characterized by
small diameter columns (b30 cm) with irregular to chaotic
column orientations (Fig. 4). A clast-supported, massive to
weakly-bedded lithic breccia carapace, with palagonitized
matrix, is in direct contact with this unit trough gradational
contacts. The basalt clasts of this breccia are lithologically
indistinguishable from the columnar-jointed lavas. Small
(b2 cm) peridotite xenoliths are found.

Subaqueous intrusive/extrusive lava flow. Carapace
breccia interpreted as in-situ mechanical rupture of
basaltic bodies due to direct contact with external water.

Plugs, dikes and
other intrusives

P – CSM–MH The most important intrusive body found in the region is
exposed at the west face of CSM. This dolerite intrusive
has a gross lopolith-like morphology, with well-developed
columnar-jointing in the lower sections (Figs. 4 and 5c).
Dikes are commonly found intruding both the Cretaceous
bedrock and the volcanic successions. At MH, ellipsoidal
intrusives are found at the nearly horizontal contact
between the Cretaceous substrate and the volcanic
succession.

CSM intrusive body is interpreted as remnant of an
eroded volcanic conduit or a lava lake. Dikes and other
intrusives may have acted as secondary feeder systems.

Glacial lithofacies
Weakly-bedded
diamictite

Dw 13 CSM–MH–LM Diamictite, clast-rich (~30% of clast content), with muddy
to sandy matrix and boulder to cobble sized clasts. Weak
bedding is marked by lenses of finer material and different
accumulations of clasts. Clast lithologies include
JRIVG-derived basalts, Cretaceous sedimentites and erratic
(exotic) lithologies derived from the Antarctic Peninsula
such as low-grade metamorphic rocks, granites and
altered volcanic rocks (Fig. 5a). Clast facetting is common
while striation is rare or absent. Also found are irregular,
unconsolidated rip-up gravelly-sand lenses (Fig. 5b).

Flow till deposited close to the glacier melt-out zone near
the grounding-line. The occurrence of gravelly-sand
lenses is interpreted here as products of subglacial
streams (glaciofluvial sediments) incorporated as rip-up
clasts.

Massive
diamictite

Dm 10 CSM–MH Massive, matrix-supported diamictite, which grades from
clast-poor (b10%) to clast-rich (N10%) varieties. Composed
of floating clasts of up to 45 cm in diameter with a strong
fabric orientation (SW–NE). The clasts are angular to
subangular, in places showing bullet-shape morphologies.
They present a striation orientation parallel to their a-axis
(Fig. 5d), although two orientations are also observed. At
CSM, only JRIVG-derived clasts are found, while at MH
erratic lithologies are found along with reworked marine
shells fragments (Fig. 7c). The light-brown matrix shows a
strong subhorizontal and subvertical penetrative fracturing
and usually has a “hardened” aspect. In thin section, a
complete predominance of basaltic components was
identified. When overlying lava flows (Ft), striated tops are
observed. “Squeeze-up” structures are also recognizable,
with upward injections of diamictite matrix into the
overlying pillow lavas (Fp) and hyaloclastite breccias
(Bpm).

Lodgement till, deposited by a locally wet-based sliding
glacier, in a polythermal regime.

Foreset-bedded
diamictite and
conglomerate

D–Cs 150 MH Weakly- to moderate-bedded, matrix- to clast-supported,
diamictite (clast content b25%) and clast-rich (up to 85%)
conglomerate. Beds are massive to normal graded and up
to 15 m thick. Form steeply dipping foreset sequences
(Fig. 7a). Stratification is mostly planar, although
asymptotic stratification is also observed. Basalt is the
most abundant clast lithology (more than 90% of the clast
population). However, granite, schist, gneiss and
sandstone erratic clasts are also observed. Clasts are
facetted and rarely striated. The matrix is sandy to
gravelly, mostly composed of basaltic fragments and
minor epiclastic material (erratic).

Subaqueous fans formed by high-density debris flows, in
a very proximal glaciomarine environment, probably
deposited near the grounding-line of a floating glacier (ice
shelf).
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Table 1 (continued)

Lithofacies Code Thickness
(m)

Locality Description Interpretation

Mudstone and
siltstone

Ms 25 MH Rhythmically and well-laminated mudstone and minor
siltstone. Each bed is internally massive and between 1
and 5 cm thick, alternating between dark green mudstone
layers to thicker, light green siltstone layers. Lamination is
planar and subhorizontal usually disturbed by dropstones
(Fig. 7b). This lithofacies is intimately related with
diamictites (Dw). In thin section, component recognition
is difficult given its fine grain size.

Very quiet, layer-by-layer deposition of fine particles by
suspension or low density turbidity currents (distal
glaciomarine setting). The presence of dropstones
probably indicates ice-free sea and deposition from
thawing icebergs (ice-rafted debris).

Stratified
sandstone

Ss 12 MH Yellow tuffaceous sandstone, thinly- to mediumly-bedded
and moderately- to well-sorted (Fig. 7a). Internal bed
structure includes wavy to planar lamination and normal
grading. Main components include coarse to medium
volcanic sand grains, including glassy to holocrystalline
basaltic lithoclasts, though isolated quartz grains and
erratic lithoclasts are also present. Bed contacts are always
sharp and include erosive bases, with channel-like erosive
scours, filled with gravelly sandstones (chute-and fill
structure). Highly fragmented marine shells are observed.

Turbulent flow, either as subglacial streams, where water
supply is usually continuous on wet-based glaciers, or as
ice-proximal concentrated density currents (bottomset
delta facies), in a medium to distal ice-proximity.
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trigonometric methods (with clinometer, telemeter, measuring tape),
description of bed contacts, geometry, lateral continuity, sedimentary
structures, and clast characteristics. When possible, clast fabrics were
measured in the diamictites together with the direction of striated
pavements. The seventeen recognized lithofacies are briefly described
and interpreted in Table 1, together with more detailed descriptions
in the electronic Supplementary material. Coherent volcanic facies,
especially lava flows, were sampled for unspiked K–Ar dating. Details
on sampling sites and analytical methods related to K–Ar dating can
be found in the electronic Supplementary material, as well.
4. Results

4.1. Volcanic stratigraphy in the Cerro Santa Marta area

The region here informally referred to as the Cerro Santa Marta area
is located in the northwestern portion (Fig. 2) of James Ross Island.
Here, two major unconformities of glacial origin separate two eruptive
unit complexes to which we simply refer as Unit 1 and Unit 2. The
basal unconformity (U1 fromnowon) separates the Cretaceous bedrock
and older JRIVG-related pillow breccias from the overlying Unit 1. The
upper limit of Unit 1 is marked by the second glacial intravolcanic
unconformity (U2), which gradually descends towards the south. The
eruptive lithofacies lying above U2 are referred to as Unit 2. In the fol-
lowing sections, we describe how the recognized lithofacies (Table 1)
are vertically and laterally arranged in Cerro Santa Marta and Massey
Heights. This arrangement, together with unit correlation and the alti-
tude variation of themain unconformities, is shown on the stratigraphic
logs in Fig. 3. Further details on each log can be found in the electronic
Supplementary material.
4.1.1. Cerro Santa Marta (CSM)
Cerro Santa Marta (also referred to as Smellie Peak, CSM from now

on) is located ~4 km west of Santa Martha cove and 4 km south of the
southern edge of Lachman Crags (Fig. 1). For CSM, previously reported
40Ar/39Ar ages range from ~5.9 to ~5.1 Ma (Kristjánsson et al., 2005).
East of CSM, across a region exceeding 10 km2, several small volcanic
hills reach Croft Bay's western shore (Fig. 2). These volcanic hills are ro-
tational slide-blocks (Strelin andMalagnino, 1992), with sliding focused
at contactwith the relatively unconsolidated Cretaceous bedrock,which
dips to the southeast at very low angles (~5°). This region of slide-blocks
was also visited as it preserves important lithofacies not recognized or
poorly exposed on in-situ outcrops.
4.1.1.1. Unit 1 at CSM. The U1 basal unconformity is not exposed at CSM
but it is in fact well-exposed in the slide-block region, where it is carved
to the Cretaceous bedrock and, in places, affecting an older JRIVG-pillow
breccia unit (log 1 in Fig. 3) whose age is unknown. This undulating
erosive surface is intimately related with a laterally-discontinuous,
weakly-bedded diamictite (Dw), which closely resembles clear basal
glacial lithofacies at Massey Heights (see below). Clast lithologies in
this deposit show a predominance of JRIVG-derived clasts, but fewer
erratic clasts of exotic lithologies (granites, low grade metamorphic
rocks, altered acidic volcanics) derived from the Antarctic Peninsula
(e.g., Aitkenhead, 1975) are also present (Fig. 5a).Within this diamictite
there are relatively unconsolidated gravelly-sand lenses (Fig. 5b), with
rounded pebbles and well-sorted sand which we infer were deposited
as glaciofluvial sediments in subglacial streams. At CSM's west face,
the contact between the Cretaceous bedrock and the overlying Unit 1
volcanics is covered by scree. At ~450 m above sea level (m a.s.l. from
now on), ~100 m thick foreset-bedded pillow breccias (Bpw) are later-
ally continuous for more than 1.5 km. Foreset beds dip towards
the south, suggesting that the source of these hyaloclastite breccias
must have been located somewhere north of CSM. At 560 m a.s.l.,
subhorizontal, pāhoehoe-type lava flows (Ft) overlie the foreset-
bedded pillow breccias and this contact is, as mentioned, referred to
as the passage zone. In the case of CSM, between lava flows close to
the passage zone, thin layers (b2 m) of palagonitized massive
hyaloclastite (Bpm) are found interbedded, suggesting that these lavas
may have flowed underwater for some distance while maintaining
their coherent nature. In the upper part of the pāhoehoe lava pile, no
such interbedded hyaloclastite breccias are observed. Overlying these
lava flows, scoriaceous lapilli and bomb deposits (L–Bw) form a charac-
teristic “red band” across CSM's northern face (Figs. 4 and 5d). This de-
posit is N30 m thick and it dips mainly to the southeast. Large spindle
bombs (Fig. 5d) and spatter deposits indicate close proximity to the
volcanic vent. We interpret these lithofacies as products of alternating
subaerial strombolian- and hawaiian-type eruptions, which probably
constructed a cinder cone on the surface. Dip values (between 12 and
30°) suggest that only external flank cones are preserved and that the
vent region was located not far to the north (Fig. 4b). This provides
strong evidence that CSM was the source of at least some of the
eruptions. A second package of pāhoehoe-type compound lava flows
overlies the southern flank of the cinder cone remnants (Fig. 4), and
we infer that these lava flows were emitted from the cinder cone itself.
In places, fragments (between 1 and 5m)of red bedded scoria are found
between the lava flow units, whichwe interpret as rafted blocks along a
lava flow during a stage of scoria cone collapse (Sumner, 1998). At the
south end of CSM (log 4 in Fig. 3), a thick (~45 m) lithic megabreccia



Fig. 4. Panoramic view of CSM's west face as seen from IJR-45 Glacier. a. The section is 300m high and 1.5 km long. White dashed line indicates U2 unconformity. b. Interpretative sketch
showing sites of dated samples, progradation of Unit 1 foreset hyaloclastite beds, U2 unconformity (red dashed line) and related diamictites (Dm, yellow patches). U1 unconformity is
inferred to truncate Cretaceous bedrock which is covered by scree. Note the large dolerite body intruding older eruptive units (Unit 1), which can be interpreted as remnant of a volcanic
conduit or lava lake. See also the highly irregular contacts between columnar-jointed basalts (Fj) and TB-LTs lithofacies. Also we present a speculative paleo-profile of Unit 1 cinder cone,
based on scoria bed (L–Bw) dips; the beds are interpreted as former external coneflanks. (For interpretation of the references to color in thisfigure legend, the reader is referred to theweb
version of this article.)
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deposit (MB) crops out, with large (up to 2 m) basaltic clasts indistin-
guishable from the subaerial lava flows and intensely intruded by
small and irregular basaltic bodies. As evidence for water interaction is
almost lacking (e.g., no palagonite alteration), we suggest that this
megabreccia deposition is related to subaerial large-scale collapses of
the lava flows, most likely due to gravitational instabilities in the volca-
no flank probably associated with dike injections (e.g., Elsworth and
Voight, 1995).

On the west face, a large dolerite body (part of lithofacies P) (Figs. 4
and 5c) intrudes all Unit 1 lithofacies. This intrusive is approximately
270 m high and it has a gross lopolith-like morphology, with a narrow
(~50 m) massive dike-like lower section and development of large-
scale (between 0.5 and 2 m in diameter) vertical columnar jointing,
changing upwards to a laterally spread (~300 m), dish-like more vesic-
ulated body (Fig. 4) where columnar jointing, although less obvious, is
not vertical but oblique and sometimes parallel to the contact with the
host-rock. This contact (mainly against foreset-bedded pillow breccias
and tabular lava flows, Figs. 4 and 5c) is irregular and in places, thin
(~1 m) dikes are observed extending out of the main body. Near the
contact, thermal modification of the host-rock is evident as color
modification, specifically a reddish alteration of the palagonitized
hyaloclastites. The morphology of this intrusion resembles shallow
dike–sill complexes such as those studied in the Neogene basaltic
rocks from Hungary by Németh and Martin (2007) and interpreted by
them as feeding volcanic systems of phreatomagmatic volcanoes, prob-
ably emplaced at depths in the order of 50–100mbelow the surface. On
the other hand, the dish-likemorphology and the development of large-
scale vertical columnar jointing are also typical of fossilized lava lakes,
such as those exposed at crater walls of several basaltic volcanoes
(e.g., Vanuatu, see Németh and Cronin, 2008). Whatever the case, we
believe that the emplacement level of this intrusive must have been
very shallow (probably b200m), further supported by the fact that it in-
trudes subaerial lava flows and it is highly vesicular in upper sections.
The orientation of the columnar joints may be taken as an indicator of
magma flow direction in the intrusive, changing from vertical in the
lower section to more horizontal in the upper levels.
Unfortunately, there are no radiometric ages for this intrusion in
order to correlate it with Unit 1 or 2. However, we infer that it is related
to Unit 1 for two reasons. Firstly, there are no contact relationships of
any kind with Unit 2 (i.e., Unit 2 volcanics were deposited after the vol-
canic conduit was formed), and secondly, this body is never found
above 620 m a.s.l., the elevation of the U2 unconformity. This suggests
that it was erosionally truncated together with subaerial lava flows
from Unit 1 (see Fig. 5b). Overall, we conclude that this intrusive body
is the remnant of a shallow volcanic conduit (or lava lake) centered at
CSM, feeding a volcanic apparatus on a surface now removed by erosion.
In this scenario, this conduit was most likely the source of cinder cone
deposits located slightly north (Fig. 4) as well as lava-fed delta systems
assigned to Unit 1, now exposed along Massey Heights (see below).

4.1.1.2. Unit 2 at CSM. As mentioned above, U2 unconformity is found at
a constant altitude of ~620 m a.s.l. and is overlain by a massive
diamictite (Dm) (Fig. 5e), which is here interpreted as a lodgement till
resting on a glacially-abraded surface carved on subaerial lava flows
(Ft) and cinder conedeposits (L–Bw) fromUnit 1 (Fig. 5d). The clast fab-
ric of thismassive diamictite has a strong a-axis SW–NEorientation (see
bi-dimensional rose diagram from twenty five basaltic clasts measured,
Fig. 3) which is highly coincidentwith a N38° striation orientationmea-
sured on top of glacially-abraded lava flows from Unit 1, thus giving the
orientation of paleo-ice flow (SW–NE).

After the formation of the U2 unconformity, Unit 2 volcanics were
formed and locally rest on glacial deposits (Fig. 5e) whereas in other
places, where the glacial diamictite is not present, either due to non-
deposition or erosion, volcanic lithofacies rest directly over tabular
lava flows (Ft) or scoriaceous deposits of the L–Bw lithofacies (Fig. 5d)
ascribed to Unit 1. Pillow lavas (Fp) form the earliest eruptive products
of Unit 2. Where they overlie massive diamictites (Dm) the contact
between them is sharp and in places, there are upward injections of
diamictite into the overlying pillow lavas. These structures were de-
scribed by Hambrey and Smellie (2006) as “squeeze-up” structures
and they indicate that these diamictites were relatively soft and uncon-
solidated diamicton when pillow lava extrusion occurred, thus a short



Fig. 5. Field photos and photomicrographs of lithofacies from CSM. a. Erratic (injected schist) and facetted basaltic clast included in aweakly-bedded diamictite (Dw) related to U1 uncon-
formity. Pencil for scale. b. Outlined gravelly-sand lense included in the same diamictite as photo a. Hammer for scale. c. Subvertical intrusive contact (dashed yellow line) between the
main volcanic conduit/lava lake and subhorizontal reddish lava flows (Ft) from Unit 1. A few meters above, U2 unconformity and overlying subaqueous lithofacies (Bpm and Fp) of
Unit 2 are indicated. Person for scale (white circle). d. CSM's northeast face. Moderately-bedded red scoriaceous lapilli and bomb deposit (lithofacies L–Bw) fromUnit 1, dipping southeast
(inset photo: loose spindle-shaped bomb. Pocket knife for scale). The upper contact (white dashed line) is U2 unconformity and directly underlies the northern pillow lava (Fp)mound of
Unit 2. Columnar-jointed lavas (Fj) are observed inupper levels. Section is ca. 30mhigh. e. 2.5m thick,massive clast-poor diamictite (Dm) related toU2unconformity, at 620ma.s.l. Clasts,
usually facetted and striated, are only basaltic and JRIVG-derived (insep photo, hammer for scale). Overlying this diamictite above a sharp contact are pillow lavas (Fp) of Unit 2. Person for
scale. f. Lapilli tuff beds (TB–LTs) of Unit 2 show diffuse stratification, normal grading and clast-supported fabric. Pocket knife for scale. g. Photomicrograph from a lapilli tuff (TB–LTs) of
Unit 2 (same outcrop as photo e). Note blocky and equant, weakly-vesiculated vitroclasts, and intense palagonitization on vitroclast edges. (For interpretation of the references to color in
this figure legend, the reader is referred to the web version of this article.)
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time span elapsed between deposition of the two units. Two well-
developed pillow mounds are observed at the southern and northern
exposures in CSM, both reaching more than 70 m thick (Figs. 4
and 5d). Each pillowmound is characterized by vertical stacking of indi-
vidual pillow lobes whose thickness ranges between 0.5 and 8 m, and
up to 150 m long. Pillow lavas grade, both laterally and upwards, to
massive pillow breccias (Bpm). These pillow breccias usually have a
chaotic architecture, although foreset-bedded layers are discernible in
places, dipping south. Up section, these pillow breccias grade into
poorly-bedded tuff breccias and lapilli tuffs (TB–LTs). This lithofacies
is characterized by palagonitized massive tuff breccia layers, in which
pillow fragments are still identifiable, and lapilli tuff beds that
locally show normal grading (Fig. 5f). Thin sections of the lapilli tuff
matrix (Fig. 5g) show the predominance of juvenile, poorly-vesicular
vitroclasts with blocky, equant morphologies. An upward decrease
in grain size from pillow breccias to lapilli tuff beds reflects a more effi-
cient fragmentation process due to decreasing hydrostatic pressure.
However, equant and blocky vitroclast shapes may be produced by ex-
plosive interaction betweenmagma andwater (e.g., Type 1 pyroclasts of
Wohletz, 1983) or they can be formed as the result of largely non-
explosive cooling–contraction granulation processes (e.g., Maicher
et al., 2000). Previous Unit 2 lithofacies are intruded and in parts cov-
ered by highly irregular and thick columnar-jointed basalts (Fj), which
were fed by thin (b1 m) subvertical dikes. These columnar-jointed ba-
salts have features that suggest that they were emplaced in a subaque-
ous setting (Fig. 4), such as the presence of a carapace of palagonitized
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breccias (similar to massive tuff breccia beds of TB–LTs lithofacies), the
chaotic development of entablature-type columnar jointing and their
highly irregular contacts with TB–LTs lithofacies (e.g., Edwards et al.,
2002). This last feature suggests a “wet” host rock and a short time be-
tween TB–LTs lithofacies subaqueous deposition and columnar-jointed
basalt emplacement.

Overall, the subaqueous lithofacies of Unit 2 are N120 m thick and,
thus the approximate depth of the water body at the time eruptions
took place. In a slightly displaced block at CSM's southeast face (log 4
in Fig. 3), columnar-jointed basalts (Fj) are covered by a thin package
of tabular lava flows (Ft) with ropy textures on their tops and reddish
oxidized scoriaceous bases, suggesting subaerial effusion during the
last phases of volcanic activity during Unit 2 emplacement. The contact
between purely subaqueous and subaerial lava flows can be also consid-
ered a passage zone and is located here at ~680 m a.s.l.

4.1.2. Massey Heights (MH)
A few km southwest of CSM, a 5 km-long elongated ridge is referred

to as Lookalike Peaks (highest points) in the north, Stickle Ridge in the
central portion, and Massey Heights in the south (Fig. 2). For conve-
nience, we refer to the entire ridge and both peaks as Massey Heights
(MH from now on). The volcanic succession is ~500m thick and the ex-
posures are excellent given vertical rock faces. Published age constraints
indicate that the eruptive units exposed atMHwere deposited between
Fig. 6.West face of MH, as seen fromWhisky Glacier. The section is ~2.5 km long and N200m h
Tsc lithofacies is shown in light yellow, Ms lithofacies in light green and T–LTw lithofacies in da
orange) separating each lavaflow. b. North face ofMH. The rock face is ~250mhigh. Overlying U
LTw, probably as a product of load deformation of the overlying thick (~100m) package of mas
(at 470 m a.s.l.) and Unit 2 (at 720 m a.s.l.) are indicated. c. Southeast face of MH as seen from
levels: a lower one (pink dashed line)which is amassive diamictite (Dm), bearing highly-fragm
fossil fragments and erratic clasts, and resting on a concave erosive surface (white dashed line)
bedded pillow breccias (Bpw) of Unit 2 overlie this diamictite. See text for further explanations
the web version of this article.)
~6.2 and ~4.4 Ma (Sykes, 1988; Kristjánsson et al., 2005). Meseta de las
Lagunitas (Fig. 2) is a slide-block region, similar to those mentioned for
CSM's eastern side, from where two logs are shown in Fig. 3.

4.1.2.1. Unit 1 at MH. Unit 1 at MH encompass more than 200 m of vol-
cano and epiclastic strata, starting at its base with glacial lithofacies un-
conformably (U1 unconformity) overlying the Cretaceous bedrock at
~300 m a.s.l. (Fig. 6a). From north to south, the glacial lithofacies
(Fig. 3) change. In the northern sections (logs 5 to 9, Fig. 3), weakly-
bedded diamictite (Dw) with glacial erratics and rhythmically laminat-
ed mudstones (Ms) locally bearing dropstones predominate. Further
south (Fig. 7a and log 10 in Fig. 3), the same laminated mudstones
(Fig. 7b) are covered by stratified tuffaceous sandstones (Ss) which
bear highly fragmented marine shells. These sandstones show several
structures (lenticular beds, cross-bedding) that imply a high-energy
depositional regime. Overlying both lithofacies are foreset-bedded
diamictites and conglomerates (D–Cs), which include both JRIVG-
derived basaltic clasts and erratic lithologies, and form a ~100 m thick
sequence that can be traced for several kilometers. The presence of
marine shell fragments within the lower sequence provides important
evidence for glaciomarine deposition conditions.

Laterally discontinuous pyroclastic lithofacies, more than 40m thick,
formed by planar- and cross-bedded tuffs and minor lapilli tuffs (Tsc)
cover the glacial strata, especially in the northern exposures, and
igh. Glacial deposits related to U1 unconformity are shown in dark green (Dw lithofacies),
rk yellow. Unit 1 lava flows (Ft) are shown in black, together with hyaloclastite layers (in
2 unconformity, a complex faulted contact can be observed between lithofaciesMs and T–
sive pillow breccias (Bpm), with a chaotic (slumped) architecture. Passage zones of Unit 1
Beta Glacier, where U2 unconformity is represented by two different intravolcanic glacial
entedmarine shells and erratic clasts, and anupper diamictite (Dm, green-colored) lacking
. Tuffs and lapilli tuffs (T–LTw lithofacies, yellow-colored in the lower figure) and foreset-
. (For interpretation of the references to color in this figure legend, the reader is referred to



Fig. 7. Field photos and photomicrographs of lithofacies fromMH. a. West face of MH. Glacial strata related to U1 unconformity, each one separated by a yellow dashed line. At the base,
laminatedmudstones (Ms)with dropstones underliewell-bedded tuffaceous sandstones (Ss), which bear highly-fragmentedmarine shells. The upper unit are foreset-bedded diamictites
and conglomerates (D–Cs) dipping south. Person for scale (white circle). b. A ~30 cm vesicular basaltic dropstone (outlined) disturbs the fine lamination of Ms lithofacies. Pencil (15 cm)
for scale. c. Southern end of MH. Massive intravolcanic diamictite (Dm, lower level) related to U2 unconformity covered by wedge-like deposit of pillow breccias (Bpw). Near the upper
contact, abundant marine fossil fragments were found (inset photo: pectinid? fragment). Note the presence of erratic clasts, mainly low grade metamorphic rocks and whitish plutonic
rocks (yellow circle). Ice axe (70 cm) for scale. d. Complete pillow from foreset-bedded pillow breccias (Bpw) of Unit 1, with concentric vesicular pattern. The inter-pillow material
is formed by palagonitized hyaloclastite. Pencil (15 cm) for scale (red circle). e. Northern face of MH. Striated lava flows (U2 unconformity, white dashed line) underlie a lenticular
deposit of laminatedmudstones (lithofaciesMs)which is covered (and incorporated as lenses highlighted by a black dotted line) by ~9m thickmassive to weakly-bedded tuffs and lapilli
tuffs (T–LTw). A sharp contact separates this lithofacies from the overlying pillow breccias (Bpm). Black arrow indicates a striated basaltic clast incorporated in T–LTw lithofacies. Ice axe
(70 cm) for scale (white circle). f. Photomicrograph of a tuff sample (lithofacies T–LTw). Note highly-vesiculated and palagonitized vitroclasts. (For interpretation of the references to color
in this figure legend, the reader is referred to the web version of this article.)
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gradually disappear to the south, where the glacial deposits are covered
either by foreset-bedded pillow breccias (Bpw) or by Unit 2 lithofacies
(Fig. 3). This lithofacies shows diverse sedimentary structures, ranging
from large-scale planar- and cross-bedding to centimeter-scale B-type
climbing ripples, which indicates that pyroclasts were deposited at
high aggradation rates, typical of high-density turbidity flows (Lowe,
1982). Thin section analysis of this lithofacies shows the predominance
of juvenile vitroclasts with blocky and equant morphologies, similar to
TB–LTs lithofacies (see Table 1), whichmay suggest that the fragmenta-
tion process was largely non-explosive. Laterally, this lithofacies
represents an equivalent of foreset-bedded hyaloclastite breccias
(Bpw)which suggests a distal positionwithin the lava-fed delta system.
Unit 1 continues with ~120 m thick foreset-bedded pillow breccias
(Bpw) that can be traced laterally for more than 5 km. Each breccia
clinoform package is unconformity-bounded and show variable dips
(usually N15°) to the south and southeast. Downlap stratal terminations
are more common and usually related to normal or forced regressions
(e.g., Catuneanu, 2002), which may result from lava-fed delta pro-
gradation and basinward retreat of the shoreline. Onlap basal termina-
tions are also observed (Fig. 6a) and could indicate a transgression
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event (i.e., creation of new accommodation space). Moreover,
retrogradational stacking patterns are evidenced by distal, deeper-
water laminated mudstones (Ms) overlying proximal foreset-bedded
pillow breccias. This arrangement implies a change in the base level
and a landward shift of the shoreline (i.e., transgression).

In places, foreset-bedded layers change to double-dipping,
hummocky-like layer geometries, especially in the central section of
MH's west face (Fig. 6a). These are interpreted as cross-strike sections
of the hyaloclastite clinoforms, unlike the foreset-bedded layers,
which represent along- or close along-strike sections. These changes
in breccia bed architecture may be caused by shifting of the lava entry
point, which could be a result of magma supply rate or coastline
morphology, as schematized by Watton et al. (2013). Compound
pāhoehoe lava flows (Ft), reaching more than 30 m thick, cover the
foreset-bedded pillow breccias (Bpw) with a passage zone located at
~470 m a.s.l. The lava flows usually have pillowed and glassy margins,
and are interbedded with thin (1–2 m) massive hyaloclastite (Bpm),
suggesting that the pāhoehoe-type lavas flowed underwater for some
distance, probably as lava tubes flowing over a gentle slope, which
may have coalesced forming sheet flows (e.g., Umino et al., 2000), or
even make their way onto the foreset, forming hyaloclastite, lava rags
(pillow pods in Fig. 6a) and pillow debris (e.g., White, 2000). Lava frag-
mentation ismostly related to non-explosive processes (mainly thermal
granulation and spalling), promoted as well with a slope increase,
although explosive interaction, such as littoral explosions (Mattox and
Mangan, 1997) cannot be discarded. The basaltic clast products of lava
fragmentation were likely deposited as density currents (e.g., White,
2000; Skilling, 2002), forming a loose subaqueous debris slope (breccia
clinoforms) which continuously built the delta front. Rarely, between
each package of pillow breccias, we recognized volcaniclastic conglom-
erates, composed of pillow fragments within a gray-colored matrix and
rare occurrence of erratic clasts. These conglomerates may be deposited
as subaqueous mass-flow remobilization of the breccia clinoforms. Unit
1 is intruded by thin, irregular and subvertical dikes, whereas ellipsoidal
intrusive rocks are found at the contact with the Cretaceous bedrock.
It is plausible that these intrusives were also involved in delta construc-
tion as lateral feeders, but this needs to be tested.

At the southern end of MH (Fig. 6c; see also log 11 in Fig. 3), unlike
the intravolcanic glacial level described in CSM, two glacial deposits
are here related to U2 unconformity. The lower glacial level overlies a
~100 m thick package of Unit 1 foreset-bedded pillow breccias (Bpw).
This level is a 9 m thick massive diamictite (Dm), which bears a large
proportion of erratic boulders derived from the Antarctic Peninsula
(Fig. 7c) and is herein interpreted as subglacial (lodgement) till. In addi-
tion, highly-fragmented marine shells are also found (Fig. 7c), such as
pectinids and incrusting bryozoans. The presence of shell fragments in-
cluded in a massive glacial diamictite is controversial and not necessar-
ily speaks for a glaciomarine origin, given that these shells could be
reworked from older glaciomarine deposits (Smellie et al., 2006a). Be-
tween the lower and upper glacial levels, a wedge-like unit of poorly
foreset-bedded hyaloclastite pillow breccias (Bpw) is exposed, which
dips to the north (Fig. 6c), clearly different from the south-dipping
foreset beds forming the bulk of the sequence. This dip change may be
related to delta front remobilization, shifting of the lava entry points
or even coastline parallel lava flow (see Watton et al., 2013 and refer-
ences therein), whichmay produce changes in the breccia clinoform ar-
chitecture. The upper glacial level lies on a concave surface and is
represented by a massive diamictite (Dm) lacking erratic clasts and
shell fragments, and covered by Unit 2 tuffaceous deposits (T–LTw
lithofacies) and foreset-bedded pillow breccias (Bpw). The concave
surface may be related to glacial erosion, later characterized by vertical
aggradation and lateral progradation of the breccia clinoforms onlapping
onto this surface.

4.1.2.2. Unit 2 at MH. The U2 unconformity is best represented at MH as
glacially-abraded pavements, particularlywell-developed on the tops of
pāhoehoe lava flows (Ft). The altitude of this surface gradually de-
creases to the south, from 495 m a.s.l. to 350 m a.s.l. Striae orientation
in northern exposures (see Fig. 2) presents mainly a N100° orientation,
but a less developed orientation of N44° is also present. Immediately on
top of this erosive surface, the first Unit 2 lithofacies show a complex ar-
rangement, especially between T–LTw andMs lithofacies. Ms lithofacies
shows very poor lateral continuity, because it is highly deformed and
usually found as lenses included in T–LTw lithofacies (Fig. 7e). Ms
lithofacies interpretation (see Table 1) suggests that it was deposited
as fine mud particles, leading to horizontal lamination in a very quiet
sedimentary environment. Its greenish color could be related to rela-
tively anoxic conditions. Fig. 6a shows thatMs lithofacies can be lateral-
ly related as distal equivalents of foreset-bedded pillow breccias (Bpw)
of Unit 2, implying a genetic relationship between them. However, de-
position related to a glacial system cannot be discarded, given that its
stratigraphic position is similar to that of massive diamictites at CSM
(both units are directly overlying U2 unconformity) and their relation
with the underlying glacial pavements. Overlying thismuddy lithofacies
(Ms), a “yellow band” forms the middle section of MH and is here
ascribed to T–LTw lithofacies, which is formed of poorly-bedded
tephra containing a striated basaltic clast near its base (Fig. 7e). This
lithofacies shows evidence of explosive phreatomagmatic eruptions
(see Section 6.1.4), such as vitroclasts with variable vesicularity
(Fig. 7f), but predominance of irregular, vesicle-bounded vitroclasts
(Type 2 of Wohletz, 1983), which may indicate both magmatic frag-
mentation due to volatile exsolution and explosive magma–water
fragmentation. Poor bedding indicates a continuous tephra deposi-
tion product of ascending vesiculated magma interacting with exter-
nal water.

The stratigraphy at MH continues with foreset-bedded (Bpw) and
massive (Bpm) pillow breccias, separated from each other by minor
unconformities. Massive-subtype is more common in the northern
sections (closer to CSM, Fig. 6b) whereas foreset-bedded subtype
characterize the central and southern exposures. This package of pillow
breccias underlies ~30 m of gently south-dipping lava flows (Ft, Fig. 6b).
These flows show pillowed glassy margins and massive beds of
hyaloclastite breccia intercalations, suggesting that they were probably
subaerial and later flowed underwater for some distance, as mentioned
for Unit 1. The entire package of foreset-bedded pillow breccias (Bpw)
and their cap-rock of lava flows (Ft) defines another ~200 m thick,
hyaloclastite lava-fed delta sequence, which prograded south during
eruptions, as foreset-bed dips suggest. The passage zone is found at
~720 m a.s.l. in the northern section and rises up to ~800 m a.s.l.
1.5 km to the south (see logs 5 and 6 in Fig. 3), which translates in a ris-
ing angle of ~3°. Unfortunately, the lava cap-rock disappears towards
the south, which makes the Unit 2 passage zone an overall ill-defined
surface, and it is not possible to detect any passage zone height varia-
tion. Absence of the topset lavaflows atMH's southern section, between
600 and 650 m a.s.l., may be related to the development of the present-
day flat erosive surface carved on hyaloclastite breccias. The origin of
this surface may be related to subsequent glacier advances (erratics
are usually found on top of this surface) or to a marine/lacustrine abra-
sion platform.

5. K–Ar chronology and comparison with published ages

Four newwhole-rock unspiked K–Ar ages are reported in Table 2.
Sample preparation and analytical methods can be found in the elec-
tronic Supplementary material. Fresh basaltic samples were collect-
ed to provide new age constraints on eruptive activity during Unit
1 and 2 depositions, and to compare our age data with previously
published ages from the same region. Also, it is worth noting that
all the chronological data provide important insights regarding gla-
cial event/s that occurred in close association with volcanic activity,
especially the development of the intravolcanic glacial unconformity
(U2).



Table 2
New unspiked K–Ar age results from Cerro Santa Marta and Massey Heights.

Location—unit Sample no. Lat
(°S)

Long
(°W)

K
(wt.%)

40Ar rad
(10−8 cm3 STP/g)

38Ar/36Ar 40Ar/36Ar initiala fractionated
Ar assumed

Age
(Ma)b

Air fraction
(%)

CSM—Unit 1 2SM08 63.930 57.921 0.819 ± 0.041 14.72 ± 0.78 0.1871 ± 0.0012 4.63 ± 0.28 52.5
CSM—Unit 2 SM12 63.929 57.919 1.156 ± 0.058 19.4 ± 1.0 0.1879 ± 0.0013 4.31 ± 0.26 60.1
MH—Unit 1 3MAS06 63.936 57.975 1.023 ± 0.051 20.7 ± 1.1 0.1879 ± 0.0012 5.21 ± 0.32 44.7
MH—Unit 2 3MAS02 63.937 57.975 0.749 ± 0.037 12.9 ± 2.8 0.1903 ± 0.0014 303.3 ± 4.3 4.4 ± 1.0 93.5

a 40Ar/36Ar initial was estimated from the measured 38Ar/36Ar ratio, which was fractionated from the atmospheric value of 0.1880.
b 40Ar/36Ar initial = 296.0 is assumed. Error: 1σ.
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5.1. Age of Unit 1 volcanics

Sample 2SM08 was collected at 617 m a.s.l. in CSM from a
subaerially-emplaced lava flow which we infer was emitted from the
cinder cone located less than 1 km to the north, at a similar level.
This flow has a glacially-truncated top, covered by a glacial diamictite
(U2 unconformity), so its age can be considered a maximum age for
the glacial unit's deposition. This sample yielded an age of 4.63 ± 0.28
(error ± 1σ), which significantly differs from a 40Ar/39Ar age of
5.89 ± 0.09 Ma (Kristjánsson et al., 2005) for a lava flow also ascribed
to Unit 1 but probably related to older flows emitted from an unrecog-
nized vent located somewhere north of CSM. In this context, sample
2SM08 (early Pliocene) was emitted from CSM's cinder cone and its
radiometric age can be considered as the beginning of eruptive activity
centered at CSM.

Sample 3MAS06 was collected at MH from a tabular lava flow with
signs of glacial erosion (U2 unconformity). Kristjánsson et al. (2005)
previously dated by 40Ar/39Ar a single lava sample from Unit 1 which
yielded a very good quality late Miocene age of 6.16 ± 0.08 Ma. Our
unspiked K–Ar result yielded an age of 5.21 ± 0.32 Ma and the age dif-
ference may be due to sampling different lava flows (i.e., we sampled a
younger one). We infer that the ~6.2 Ma lava is from an older Unit 1
lava-fed delta formation, while our ~5.2 Ma lava flow erupted from a
younger vent centered at CSM, but associated with the same lava-fed
delta system (Fig. 8). It is clear that more precise radiometric ages are
needed to determine the volcanic evolution through time. Nevertheless,
aswe discuss in Section 6.1.2, these radiometric ages suggest that a geo-
logicallymeaningful time span existed between the eruption of volcanic
Fig. 8. Summary of published (black) and new (colored) radiometric ages for eruptive
units described here from CSM and MH. Blue ages belong to Unit 1 and red ages to
Unit 2. For 40Ar/39Ar ages (Kristjánsson et al., 2005) the error bars are ±2σ, whereas for
K–Ar ages (both our ages and Sykes's (1988) age of 4.44 ± 0.25 Ma) they are ±1σ.
Light green bars represent the two recognized periods (6.2–5.9 Ma and 5.2–4.6 Ma) of
volcanic activity during Unit 1 deposition. Orange bar connects all the available ages of
Unit 2. Correlation between these ages and 5.14 ± 0.38 Ma age, which we consider as
an outlier, remains unsolved. (For interpretation of the references to color in this figure
legend, the reader is referred to the web version of this article.)
products from an unrecognized vent north of the study area (i.e., be-
tween 6.2 and 5.9 Ma) and the beginning of eruptive activity centered
at CSM (5.2–4.6 Ma), therefore implying that an unrecognized uncon-
formity must be present within Unit 1 sequence.

5.2. Age of Unit 2 volcanics

Sample SM12 was collected at CSM from a pillow lava core resting
on diamictites (U2 unconformity). Its radiometric age is 4.31 ±
0.26 Ma (early Pliocene), which is the minimum depositional age for
U2-related diamictites. Kristjánsson et al. (2005) obtained a 40Ar/39Ar
age of 5.91 ± 0.08 Ma (not shown in Fig. 8) for the same unit, which
is inconsistent with our unspiked K–Ar age. Kristjánsson et al. (2005)
also dated the columnar-jointed basalt (Fj lithofacies) unit at CSM's
summit and obtained an age of 5.14 ± 0.38 Ma. Their stratigraphic
position suggests that they should be younger or at least coeval with
pillow lavas that yielded a K–Ar age of ~4.31 Ma. This contradiction
remains unsolved. However, we can infer that Unit 2 volcanics were
probably formed between .6 and 4.0 Ma.

Sample 3MAS02 was collected at MH. It corresponds to a
hyalocrystalline pillow core from massive pillow breccias assigned to
Unit 2. Unfortunately, the results indicate that this sample has probably
suffered atmospheric Ar contamination and fractionation, as the high
40Ar/36Ar indicates. Nevertheless, our 4.4 ± 1.0 Ma age roughly agrees
with the 4.35 ± 0.39 Ma age obtained by Kristjánsson et al. (2005)
and the 4.44 ± 0.25 Ma K–Ar age reported by Sykes (1988), which all
together confirm that Unit 2 volcanics were formed around 4.4 Ma
(early Pliocene).

6. Discussion

6.1. Volcanic evolution of the JRIVG at Cerro Santa Marta area

According to our stratigraphic analysis and chronological data, we
propose a volcanic evolution model of the JRIVG units in the Cerro
Santa Marta area, together with a tentative correlation with analog
units exposed at Lachman Crags.

6.1.1. Unconformity U1
Asmentioned in previous sections, the oldest JRIVG units recognized

around Cerro Santa Marta area show evidence of glacially-influenced
deposition. The basement of these glacial lithofacies was either Creta-
ceous bedrock or pre-Unit 1 hyaloclastites, in which case volcanism
was already ongoing during ice sheet expansions in the region. Nelson
et al. (2009) postulated that this first glacial advance in the region
occurred before ca. 6.2 Ma, based on the oldest volcanic units dated by
Kristjánsson et al. (2005) which overlie the glacial deposits. It could be
related to an Antarctic Peninsula ice sheet expansion between 7.2 and
6.6 Ma postulated by Grützner et al. (2005). The constant level of the
Cretaceous bedrock at ~300 m a.s.l. suggests a low relief (i.e., relatively
flat landscape) at the moment of ice sheet advance. Glacial lithofacies
associated with the basal unconformity (U1) show signs of deposition
in close association with a water body (Fig. 9a). In the proximal sector
(close to the grounding line), the glacier deposited weakly-stratified
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diamictites (Dw) and ice-proximal foreset-bedded diamictites and con-
glomerates (D–Cs), whereas in the distal parts deposited stratified
sandstones (Ss) and rhythmically laminated mudstones and siltstones
with dropstones (Ms). This lateral facies association is common within
glaciomarine environments (e.g., Hambrey and McKelvey, 2000). In
Fig. 9. Proposed schematic model showing the depositional environments and evolution of CS
corresponding code (see Table 1). a. U1 unconformity: Antarctic Peninsula ice sheet expansion
probably floated over the sea (ice shelf) depositing submarine glacial deposits (Dw, D–Cs, Ss
(Ft) emission from an unrecognized vent north of the study area. These lava flows formed a
and centered at CSM. Subaerial lava flows, emitted from a cinder cone (L–Bw) and a larger vo
prograding hyaloclastite delta now exposed at MH. d. U2 unconformity (N4.6 Ma): a second
W-SW and was probably a glacial tongue part of a James Ross Island-anchored ice cap. Coincid
from CSM vents. Direct magma-ice interaction led to glacier base melting and formation a
lake. Sub and supraglacial drainage combined with vertical growth of the volcanic pile led to
f. Emergence of the englacial volcano and emplacement of a new prograding lava-fed delta sys
subglacial drainage system and rising of the water level. Although not clear, we infer that this l
Crags. See text for further explanations.
this sense, we agree with Nelson et al.'s (2009) conclusion that their
foreset-bedded conglomerates (our D–Cs lithofacies) were deposited
by subaqueous debris flows, probably forming an ice-contact underwa-
ter fan (Lønne, 1995) near the grounding-line of a marine-terminating
glacier, probably a grounded tidewater glacier then floating as an ice
M and MH volcano and epiclastic succession (not to scale). Lithofacies are indicated by its
sometimes before 6.2 Ma, eroding the Cretaceous bedrock and older JRIVG-units. Glacier
and Ms lithofacies) close to the grounding-line. b. Eruptive Stage 1: subaerial lava flow
marine prograding lava-fed delta towards the south. c. Later, vent/s shifted to the north
lcanic apparatus above the main volcanic conduit/lava lake, continued feeding the same
glacial advance eroded previous units of Eruptive Stage 1. This glacier flowed from the
ent with glacier presence in the area, volcanism renewed during Eruptive Stage 2 mainly
meltwater vault. e. Glacier roof collapse and formation of an ice-enclosed meltwater
shallowing of the water depth and onset of phreatomagmatic Surtseyan-type eruptions.
tem, forming a gently rising passage zone, most likely due to temporarily blockage of the
ava-fed delta also prograded towards the north forming the upper unit found at Lachman



Fig. 9 (continued).
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shelf. The presence of highly fragmented marine shell remains in sand-
stones (Ss lithofacies), which underlie foreset beds of D–Cs lithofacies
also supports the idea of a glaciomarine environment. The ice sheet
thermal regime must have been polythermal (i.e., locally wet-based),
given that these deposits suggest high sediment supply and abundant
meltwater at the glacier base, thus great capability for substrate erosion.
In addition, common presence of facetted (and rarely striated) clasts
(Fig. 5a) argue for wet-based conditions and subglacial clast transport.
The presence of gravelly-sand lenses within weakly-bedded diamictites
(Dw) supports the idea of basal meltwater availability, mobilized by
subglacial channelized currents (glaciofluvial sediments) and then
incorporated as rafted blocks. The glacier probably floated over the
sea forming an ice shelf, which started to deliver glacial debris
near the grounding-line, mostly as subaqueous glacigenic debris
flows (depositing Dw and D–Cs lithofacies). As the ice shelf expanded,
diamict deposits progressively covered finer distal lithofacies, defining
a glacial prograding sedimentary system. Ss lithofacies evidence trac-
tion deposition from a sandy turbulent flow in high-regime conditions
(hyperpicnic flow), similar to the rippled sands described by Pirrie
et al. (1997) deposited in a proximal glaciomarine setting. In distal sec-
tors, dropstones within laminated fine sediments (Ms) are evidence of
ice-rafted debris discharge by thawing icebergs (Fig. 9a).

Nelson et al. (2009) suggested that the ice sheet responsible for the
deposition of these glacial units was anchored somewhere north of MH
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and nourished by rocks from James Ross Island, given the low percent-
age (b1%) of Antarctic Peninsula-derived erratic clasts. They postulated
that an elevation (i.e., volcanic landform) must have existed in order to
hold an ice cap. According to these authors, this positive relief was locat-
ed somewhere near present-day Davies Dome or Prince Gustav Chan-
nel, and was later completely removed by erosion. Our observations
indicate that the percentage of Antarctic Peninsula-derived clasts is
not as low (~5 %) as the one postulated (b1 %) by Nelson et al. (2009),
especially in the weakly-bedded diamictites (Dw), which are lateral
equivalents to the D–Cs lithofacies. This presumed volcanic massif
must have been formed around ~6.2 Ma, which is the minimum age
for deposition of the glacial lithofacies. North of the study area, the
oldest available ages on in-situ rocks are ~5.6 Ma in Davies Dome
(Kristjánsson et al., 2005) and ~5.8 Ma in Cape Lachman (Nývlt et al.,
2011), which are too young for the rocks to be remnants of the volcanic
massif postulated by Nelson et al. (2009). We argue instead that the ice
sheet responsible for the deposition of glacial lithofacies associatedwith
U1 unconformity was anchored on the Antarctic Peninsula and not on a
local volcanic massif located at James Ross Island's northern tip, in
agreement with a late Miocene glacier advance postulated by Nývlt
et al. (2011). The glacial strata becomes thicker towards the south,
therefore we infer a basin deepening in that direction. The deposition
probably occurred at a minimum water depth of ~150 m, as inferred
from the total thickness of the glacial strata (Nelson et al., 2009), thus
corresponding to a shallow marine shelf.

6.1.2. Eruptive Stage 1
After the ice sheet advance, volcanic activity resumed with the

deposition of Unit 1 lithofacies, mainly associated with emplacement
of a prograding lava-fed delta system towards the south-southeast
(Fig. 9b). This system has lateral associations with finer pyroclastic
lithofacies in more distal portions, such as planar- and cross-stratified
tuffs (Tsc) and laminated tuffaceous mudstones (Ms). Especially at
MH, pillow breccia (Bpw) clinoforms present a complex architecture
and are commonly separated by erosive unconformities (Fig. 9b),
which speak either for eustatic sea level changes during volcanic activity
(e.g., Jones and Nelson, 1970) or, more likely, differential subsidence of
the delta front (Kauahikaua et al., 1993), allowing an increment in the
accommodation space and retrogradation of the volcaniclastic system
(relative sea level changes). Lava-fed hyaloclastite deltas are almost al-
ways prograding depositional systems, and compared to clastic delta
systems, they are characterized by high-supply of volcanic material,
which efficiently fills the available accommodation space and generates
rapid basinward shifting of the shoreline, on short geological timescales
(e.g., Wright et al., 2012). The different sets of foreset-bedded breccias
suggest discrete pulses of volcanism and each delta unit thickness
reflects the available accommodation space at the time of eruptions
(i.e., approximatewater level). Duringdelta build out, both lava benches
and the delta front may have suffered collapses as high-density sub-
aqueous debris flows (e.g., Sansone and Smith, 2006) (Fig. 9c). Collapse
trigger could have been related to subsidence of the lava bench due to
lava tube activity (Mattox andMangan, 1997), wave action or processes
related to lateral shifting of the subaerial lava streams, all ofwhich could
have also affected the height of the resultingpassage zones (e.g.,Watton
et al., 2013). On the other hand, delta edge collapse may have also trig-
gered littoral explosions (Mattox and Mangan, 1997), which even
though no clear deposits of such explosions have been found, were like-
ly to occur.

The radiometric age for this lava-fed delta was bracketed between
ca. 6.2 and 5.9 Ma by Kristjánsson et al. (2005). Our new unspiked
K–Ar age data demonstrates that subaerial lavas emitted from vent/s
at CSM (Fig. 9c), are considerably younger (5.2–4.6 Ma) than the ages
reported by Kristjánsson et al. (2005). Lava-fed delta systems are
formed within very short periods of time (Wright et al., 2012; Watton
et al., 2013), which is why this ~1 Myr difference suggests that at
least two different lava-fed delta systems, an older one fed by an
unrecognized vent/s north of CSM (between 6.2 and 5.9 Ma) and a
younger one fed by CSM volcano (between 5.2 and 4.6 Ma), formed
Unit 1 lava-fed delta lithofacies in the study area, but each one formed
very rapidly. An erosive (probably glacial in origin) unconformity
must be present between the two lava-fed delta systems, but such an
unconformity is still unrecognized. Vents centered at CMS during
Stage 1 were mainly subaerial, as evidenced by cinder cone deposits
and a large volcanic conduit/lava lake which fed a volcanic apparatus
on the surface, now removed by erosion (Fig. 9c). These vents emitted
pāhoehoe-type, compound lava flows which allowed building and
progradation of the lava-fed delta system towards the south (Fig. 9c).

The nature of the water body where the lava-fed delta system
was deposited is a matter of debate. Three possibilities emerge, namely
(1) the sea, (2) an englacial lake formed as a subglacial melting product
of direct lava-ice contact or (3) a non-glacial lake. Several authors
attempted to distinguish between marine or non-marine (englacial and
non-glacial lacustrine) lava-fed deltas (e.g., Werner and Schmincke,
1999; Skilling, 2002; Smellie, 2006). One of themost widely used criteria
for distinguishing between the two options is the variation in passage
zone levels (Smellie, 2006). Smellie (2006) argued that in marine
lava-fed delta sequences, passage zones present relatively constant alti-
tudes (subhorizontal) along several kilometers. In contrast, during the
emplacement of englacial lava-fed deltas, the water level in the ice-
enclosed lake is usually a verydynamic feature as a result of several drain-
age systems both sub and supraglacially. In consequence, rapid drops in
the lake water level during the course of an eruption will cause passage
zone altitude variations along short horizontal distances. For the lava-
fed delta system of Unit 1, the passage zone altitude is relatively constant
and subhorizontal,with anoverall falling angle of ~2° over a longdistance
(N7km),which implies a stablewater level during the course of the erup-
tion/s (Smellie, 2006). As mentioned, tabular lava flows usually show
features of subaqueous flow, such as pillowed margins or intercalation
with massive hyaloclastite beds. Thus, lava-breccia clinoform contacts
(i.e., passage zone) do not always represent the water level at the time
of delta formation. Moreover, as pointed out by Watton et al. (2013),
factors such as lava flux rate, the accommodation space and coastline
morphology may all affect the resulting height of the passage zone.

On the other hand, the close relationship with fossil-bearing
glaciomarine deposits (U1 unconformity) strongly suggests that lava-
fed delta deposition occurred in a shallow (~200 m) marine environ-
ment (Fig. 9b–c). It should be noted that multi-proxy paleoclimatic
data obtained in the Antarctic Peninsula region suggest that several
ice-poor, interglacial periods took place during late Miocene and early
Pliocene times (e.g., Joseph et al., 2002; McArthur et al., 2006; Smellie
et al., 2006a; Nelson et al., 2009; Nývlt et al., 2011; Pirrie et al., 2011)
but given the short-term glacial/interglacial cyclicity (see Nývlt et al.,
2011), it may be difficult to ensure, with the available age data, that
both pulses of activity (6.2–5.9 and 5.2–4.6Ma) of lava-fed delta forma-
tion during Eruptive Stage 1 occurred during ice-poor, interglacial
periods, where marine eruptive conditions could have prevailed.
6.1.3. Unconformity U2
Unit 1 lithofacies were truncated by the development of U2 uncon-

formity, which is represented at CSMbymassive diamictites interpreted
as lodgement tills, overlying glacially-striated pāhoehoe-type lava
flows. This striated pavement shows SW–NE striae orientation, suggest-
ing this paleo-ice flow orientation. The predominance of locally-derived
basaltic clasts in this diamictite speaks for a James Ross Island-
nourished ice cap, which may have flowed from the southwest. At
MH, U2 unconformity gradually descends to the south, from ~500 to
~350 m a.s.l. No glacial deposits were found in the northern sections
of MH, but pāhoehoe-type lava flows of Unit 1 have glacially-eroded
tops, with E–W and SW–NE striae orientation. The presence of this un-
conformity within the eruptive sequence suggests a period of volcanic
quiescence followed by glacial advance and erosion.
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The glacier responsible for erosion and till deposition was locally
wet-based (polythermal), given that lodgement tills resting on ice-
modified surfaces (striated pavements) indicate basal water availability
and strong subglacial erosion. Volcanic activity during this time must
have been dormant, allowing glacial erosion of older (Unit 1) deposits,
as also suggested by Hambrey and Smellie (2006) to explain the depo-
sition of diamictite levels within the volcanic succession. In CSM, the
youngest pre-U2 units are pāhoehoe-type lava flows with striated
tops, with an age of 4.63 ± 0.28 Ma (early Pliocene). We propose this
maximum age for the glacial advance responsible for U2 unconformity
carving. Massive pillow lavas with an early Pliocene age of 4.31 ±
0.26 Ma overlie U2 glacial deposits, considered here as the minimum
age for the glacial advance. Considering errors, this glacigenic unit depo-
sition (i.e., glacial advance) occurred somewhere between 4.9 and
4.0 Ma. However, timing for this diamictite deposition most probably
resembles the age of the overlying eruptive unit (Unit 2), namely the in-
terval 4.6–4.0 Ma. This agrees with previous postulates which suggest
that after ca. 4.6 Ma, a James Ross Island-centered ice cap overrode pre-
vious eruptive units, depositing glacial strata with almost complete pre-
dominance of JRIVG-derived volcanic clasts (Hambrey et al., 2008;
Smellie et al., 2008). On the other hand, two different intravolcanic
glacial levels are exposed at the southern end of MH (Fig. 6c). The
lower level bears abundantmarine shell fragments and large proportion
of erratic clasts speaking for an Antarctic Peninsula-anchored glacier,
and separated from the upper glacial level by a ~10m thick pillow brec-
cia deposit. This arrangement raises the possibility that almost contem-
poraneously with expansion of local ice caps (James Ross Island-
centered), glaciers from the Antarctic Peninsula may have expanded
as well (see Smellie et al., 2009 and references therein), depositing
glacial diamictiteswithin the volcanic sequence. The presence ofmarine
shell fragments included in the diamictites is controversial, given that
they may be good proxies for glaciomarine deposition (Nelson et al.,
2009) or could be reworked from older glaciomarine deposits (Smellie
et al., 2006a; Nývlt et al., 2011).

6.1.4. Eruptive Stage 2
Between 120 and 200m of volcanic pile (Unit 2) overlies U2-related

glacial deposits and associated erosive surfaces. At CSM, massive pillow
lavas and pillow breccias overlie glacigenic diamictites at a constant al-
titude of 620ma.s.l. “Squeeze-up” structures reflect nearly coeval depo-
sition of U2 glacial deposits and overlying subaqueous volcanics (pillow
lavas). Moreover, the base of Unit 2 is located at N600 m a.s.l in the
present-day. If Unit 2 deposition occurred in a marine environment, a
600 m uplift of the volcanic pile must have taken place. Such uplift
might take place tectonically, but there is no record of such a tectonic
scenario in James Ross Island during Neogene times. Another possibility
is uplift from postglacial rebound. Marine eruptive conditions would
imply postglacial rebounds of N600 m that require former ice sheets
N2.5 km thick, which is highly unlikely for this region due to its relative-
ly low latitude. On the other hand, another lava-fed delta system was
created at the last phases of Stage 2, with a passage zone which is
well-defined only at CSM and MH's northern portion, but completely
absent at MH's central and southern portions. However, we were able
to detect that, in MH northern section, passage zone is found higher
as we head south (i.e., in the direction of delta progradation), with a
gentle mean rising angle of ~3°. In the scheme of Smellie (2006), this
subaqueous/subaerial transition falls in the category of rising passage
zones, which are believed to form in non-stable coeval water bodies
(i.e., englacial lakes). Overall, we argue that the most likely scenario
for Eruptive Stage 2 was related to volcano interaction with glacial ice
(i.e., glaciovolcanism; Smellie, 2006).

In this scenario, eruptive activity was centered at CSM polygenetic
volcano and began with lavas in direct contact with ice, leading to ice
cap melting at its base and formation of an englacial meltwater vault.
Here, the hydrostatic pressure was high enough to prevent lava frag-
mentation, thus leading to basal pillow lava formation as isolated pillow
mounds. These pillowmounds usually suffered frommass-flowwasting
processes (Fig. 9d), forming massive pillow breccias (Bpm lithofacies).
High-density sediment gravity flows (density currents) also distributed
pyroclastic material away from the vent and were probably channeled
through subglacial drainage systems. Very distal portions of these den-
sity currents are represented by laminated tuffaceous mudstones and
siltstones (Ms) exposed atMH (Fig. 9d). As the englacial volcano started
to grow both vertically and laterally, the glacier roof collapsed, forming
an ice-enclosedmeltwater lake (Fig. 9e). These lakes are part of very dy-
namic hydraulic systems, where water is drained by different mecha-
nisms, either supra- or sub-glacially (Smellie, 2006). Meltwater escape
combined with vertical growth of the volcanic pile implied a decrease
in hydrostatic pressure which triggered explosive hydrovolcanic erup-
tions (Fig. 9e), related to a shallow (maybe less than 100 m) emergent
volcano, as suggested elsewhere (see Smellie and Hole, 1997). These
eruptions are represented by massive tuff breccias and bedded lapilli
tuffs (TB–LTs lithofacies) in CSM, whereas in MH they correspond to
T–LTw distal lithofacies. Lack of accidental clasts and high flow regime
sedimentary structures (dunes, antidunes) suggest a clear vent contin-
uously flooded with water, typical of wet, Surtseyan-type eruptions
during volcano emergence (Sheridan and Wohletz, 1983; Kokelaar,
1986; Sohn and Chough, 1992; White, 1996). TB–LTs lithofacies repre-
sent near-vent deposits of debris flows that were products of rapid
tephra pile-up andhigh slopes. Poor bedding in the T-LTw lithofacies in-
dicates a high tephra input, probably related to continuous uprush dur-
ing the formation of a subaqueous eruptive column (e.g., Smellie, 2000).
Normal-graded beds may indicate that highly concentrated tephra
flowswere probably deposited as subaqueous fallout or even by vertical
density currents (Manville and Wilson, 2004) from a tephra plume.
Better development of lamination and bed thinning in the tuff beds
(Fig. 7e) suggest a lower magma output and waning explosive activity
(Smellie, 2000). Similar deposits were described in the tuff cone
deposits exposed at Bibby Hill (Fig. 1, Nehyba and Nývlt, 2014). The
presence of a facetted and striated basaltic lithoclast incorporated in
the T–LTw lithofacies (Fig. 7e) indicates that either it was expelled as
a lithoclast during the course of the hydromagmatic eruption or it was
transported by thawing icebergs, and then released and incorporated
in the tephra unit. Smellie et al. (2008) inferred that the source of the
“yellow band” at MH (T–LTw lithofacies) was related to a marine tuff
cone located somewhere near Seacatch Nunataks (see Fig. 1), 5 km
west of MH, while we believe that CSM was the source during this
glaciovolcanic stage. This is supported by the fact that the available
ages from Seacatch Nunataks of ~5.9 Ma (Smellie et al., 2008) contrast
with our 4.6–4.0 Ma ages for Unit 2.

At CSM, volcanic activity continued with the intrusion and subse-
quent extrusion of subaqueous, columnar-jointed basalt (Fj lithofacies),
which suffered sudden cooling due to direct contact with external
water. The package of subaerial lava flows that overlies Fj lithofacies
suggests that the glaciovolcanic pile finally emerged, completing
the ideal evolution of a Tuya-type volcanic edifice (Mathews, 1947),
which are flat-topped volcanoes formed by subaqueous to emergent
volcanic sequences and capped by subaerial lava-fed deltas. As men-
tioned earlier, these lava flows overlie the prograding sets of foreset-
bedded pillow breccias atMH's northern section, defining a gentle rising
passage zone (Fig. 9f), which according to Smellie (2006), may be diag-
nostic of an englacial setting. A rising passage zone indicates that the
rate of the lake water level rise is higher than the rate of aggradation
at the delta front, i.e., the delta surface was locally flooded. The rising
water level may be associated with water displacement due to delta
advance, favored by temporarily blockages in the drainage system due
to delta front collapses (Smellie, 2006).

The total thickness of ~200 m of the subaqueous eruptive units is
a good proxy of the englacial lake depth at the moment of eruptions.
To have an approximate constraint on the ice sheet thickness, we
need first to consider a permeable upper layer in the glacier, composed
of snow/firn and fractured ice, which behaves as an upper limit of the
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englacial lake water level (Smellie, 2000; Smellie et al., 2008). Smellie
et al. (2011) considered that a good estimate of the thickness of this
upper permeable snow/firn and fractured ice layer is around 100 m.
Therefore, for our study area, we infer an ice sheet thickness ~300 m,
which is within the range of Smellie et al.'s (2008) ice thickness esti-
mates of 200–750 m for the Neogene in the James Ross Island area. It
should benoted, however, that glaciovolcanic sequencesmay be formed
even during ice-poor, interglacial periods, such as the present-day,
especially in high latitude regions (Smellie et al., 2008). Even within
James Ross Island, the higher lying areas remain glaciated, while in
coastal areas ice-free, interglacial conditions prevail. Thus, we agree
with previous postulates (e.g., Johnson et al., 2009; Smellie et al.,
2009) that in the majority of these so-called “interglacial” periods,
ice-poor rather than ice-free conditions prevailed.

Regarding the age of the eruptive units assigned to Eruptive Stage 2,
the available data is somewhat contradictory. The unit of columnar-
jointed basalts (lithofacies Fj) was dated by Kristjánsson et al. (2005)
and gave a 40Ar/39Ar age of 5.14 ± 0.38 Ma, which is in conflict with
our unspiked K–Ar age of ~4.3 Ma for stratigraphically older pillow
lavas. However, considering errors, it is plausible that both units origi-
nated around 4.7–4.5 Ma. On the other hand, age data from Sykes
(1988) and Kristjánsson et al. (2005) for MH, combined with our unre-
alistic ~4.4 Ma age data, suggest that Eruptive Stage 2 occurred around
4.6–4.0 Ma (early Pliocene). Unfortunately, until more detailed
geochronological data become available, we tentatively conclude that
Unit 2 volcanics were emplaced sometime after 4.6 Ma.

6.2. Correlation with Lachman Crags

It is worth mentioning that this work focused on the eruptive prod-
ucts of CSM vent/s and their progradation towards the south, forming
MH eruptive units. However, progradation of volcanic products towards
the north was also plausible, and the possibility arises that part of the
volcanic pile forming Lachman Crags (Fig. 1)was emitted fromCSMvol-
cano. Although we have not yet performed detailed stratigraphic work
at Lachman Crags, the results obtained by De Angelis (1999) provide
us with an excellent stratigraphic framework of that area. This author
distinguished seven eruptive units, the oldest one represented by a
large intrusive body at the northern end, which has a K–Ar age of
5.23 ± 0.57 Ma (Sykes, 1988). This intrusion was glacially-truncated
and covered by glacial diamictites bearing marine fossils. A lava-fed
delta system which prograded towards the north affords ages between
~5.3 and ~4.6 Ma (Sykes, 1988; Smellie et al., 2008), which are surpris-
ingly coincident with our interpretation that eruptive activity centered
at CSM took place between 5.2 and 4.6 Ma. Moreover, Smellie et al.
(2008) speculated that this lava-fed delta (their Lachman Crags Main
Delta) was fed by a satellite center at its southern margin and could
have been emplaced in amarine setting, coincidentwith our interpreta-
tion that, during Eruptive Stage 1, deposition of the hyaloclastite lava-
fed delta occurred in a shallowmarine environment. Bottomset deposits
related to this lava-fed delta sequence show different distribution of
lithofacies probably caused by local conditions related to the slopes of
a subaqueous volcano (Nehyba and Nývlt, 2015), which we infer was
CSM. De Angelis (1999) also recognized an intravolcanic glacial
unconformity at 540 m a.s.l. (southern end of Lachman Crags) which
gradually descends to the north, where it is found at 460 m a.s.l.
This unconformity is associated with massive diamictites lacking ma-
rine shell fragments of any kind and a clast population suggesting a
strong JRIVG-provenance. Overlying this unconformity, poorly foreset-
bedded pillow breccias are covered by a thin package of tabular lava
flows, probably related to a glaciovolcanic eruptive environment as
well (De Angelis, 1999) (Fig. 9f). This arrangement is strongly similar
to what is found at CSM and MH associated with U2 unconformity.
Age constraints for these units come from an early Pliocene 40Ar/39Ar
age of 3.95± 0.05Ma (Kristjánsson et al., 2005), which is slightly youn-
ger than eruptive units ascribed to Eruptive Stage 2 (4.6–4.0 Ma).
Although not conclusive, a strong correlation seems to arise between
the volcano-epiclastic stratigraphy at Lachman Crags, CSM and MH,
suggesting a common link between them. Clearly much more work is
needed to support this connection.

7. Conclusions

Detailed lithofacies analysis of volcanic and glacial deposits
of the JRIVG in Cerro Santa Marta area, supported by new unspiked
K–Ar ages, allows an improved understanding of eruptive environ-
ments and paleoclimate between 6.2 (late Miocene) and 4.3 Ma (early
Pliocene). The following main conclusions can be drawn:

(1) A glacial advance carved an erosive unconformity (U1) on the
Cretaceous bedrock and older volcanic units, and it was related
to deposition of diverse glacial lithofacies related to an Antarctic
Peninsula Ice Sheet expansion sometime between ~7.2 and
6.6 Ma (Grützner et al., 2005). The ice sheet was most likely
locally wet-based (polythermal regime). It probably floated
over the sea (ice shelf) towards the south-southeast and depos-
ited mostly subaqueous glacial lithofacies, in places bearing
marine shell fragments.

(2) Shortly after that, the ice sheetmust have retreated, and renewed
volcanic activity began (Eruptive Stage 1). It was characterized
by the extrusion of subaerial, pāhoehoe-type lava flows fed
from an unrecognized vent north of the study area between 6.2
and 5.9 Ma (ages according to Kristjánsson et al., 2005). These
lava flows probably penetrated the sea forming a laterally exten-
sive (N7 km) lava-fed delta. Later, volcanic vents shifted to Cerro
Santa Marta volcano, emitting more lava flows that fed the
same hyaloclastite delta sequence towards the south, at Massey
Heights. This vent shifting occurred between 5.2 and 4.6 Ma
(early Pliocene).

(3) A second glacial advance in the region, probably coinciding with
a pause in volcanic activity, eroded older volcanic rocks (Unit
1) and deposited subglacial (lodgement) tills. The ice cap was
James Ross Island-centered and flowed mainly to the east and
northeast, but probably coalesced with glaciers flowing from
the Antarctic Peninsula. Coeval with the glacier presence in the
area, volcanic activity restarted at CSM polygenetic volcano.
Tuya-forming, glaciovolcanic eruptions formed another lava-fed
delta which prograded towards Mt. Haddington. From detailed
measures of subaqueous unit thicknesses and passage zone alti-
tudes, we can infer that the glacier was ~300 m thick, in good
agreementwith previously inferred Neogene paleo-ice thickness
in the area. According to published and new radiometric data,we
believe that this local glacial advance occurred between 4.6 and
4.0 Ma (early Pliocene).

(4) Although not conclusive, the available geological information al-
lows us to infer that a strong link exists between eruptive units
exposed at Lachman Crags and those emitted from Cerro Santa
Marta volcano and its counterpart further south at Massey
Heights. Future work in the area would help test this suggestion.
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