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ABSTRACT
In the extratropics the analysis of the time–space structure of the dynamical tropopause shows a marked signature of non-
propagating, low-frequency (time-scale >10 d), ultra-long (zonal wavenumber <5) waves. This suggests the extension of
theories relating the tropopause height to the baroclinic adjustment to the orographic-baroclinic disturbances, generally
operating in the low-frequency domain. Such an extension is here proposed.

By analysing Eady modes in a Boussinesq atmosphere, it has been found that the form-drag instability must be
accounted for in an extended theory of baroclinic neutralization. The produced unstable standing waves carry a poleward
large amount of heat at planetary scale for most of the external parameter settings and their spatial structure strongly
resembles the observed winter mid-latitude eddy fields.

Furthermore, we show how a simple representation of the stratosphere affects the tropopause neutralization
requirements.

1. Introduction

In a baroclinic instability problem, when the background po-
tential vorticity (hereafter PV) has zero meridional gradient, the
geometric scale of the unstable wave is easily related to the
tropopause height. Therefore, assuming that the atmosphere, on
average, is close to a baroclinic neutral state, the effect of the
eddies can be parametrized in terms of the tropopause height.

In a previous paper, following Lindzen (1993), Bordi et al.
(2002, hereafter BDSS) exploited this property when topography
is acting at the lower boundary. They showed that the inclusion
of the topography and the stratosphere allows a tropopause neu-
trality condition behaviour more consistent with the outcomes
of GCM experiments. In BDSS, however, the interaction be-
tween the zonal mean flow and the topography was not allowed.
Thus, that study was restricted to the effect of topography on
the ‘ordinary’ baroclinic instability (similar to that described,
for example, in Pedlosky, 1980).

Observations of the Earth’s atmosphere suggest that the pro-
cess leading to this baroclinic instability is consistent with the
behaviour of travelling, synoptic-scale, high-frequency distur-
bances (zonal wavenumber ≥5, time-scale <10 d). On the
other hand, studies on the structure and evolution of the
dynamical tropopause from observations (see, for example,
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Nielsen-Gammon 2001) clearly show that the ultra-long (zonal
wavenumber <5) planetary waves play a relevant role on
tropopause behaviour. These features are usually associated with
the atmospheric low-frequency variability (time-scale ≥10 d)
and they appear to be meridionally confined in the poleward
flank of the jet core. Furthermore, on some occasions, during the
Northern Hemisphere winter, these planetary-scale disturbances
are known to be growing at a faster pace than the associated back-
ground flow. It has also been diagnosed that their energy source
is the zonal available potential energy (Hansen, 1986) and that
they strongly contribute to the total poleward heat flux (Peixoto
and Oort, 1992). Furthermore, their time evolution seems to be
so slowly propagating that their description as unstable standing
waves may be considered more than a working assumption.

These planetary scale features (which in monthly mean maps
are easily recognized as vertically coherent, but westerly tilted
in the lower layers, fields) may strongly affect the mid-latitude
tropopause structure. Hence, in a frame of a baroclinic adjust-
ment theory, their effects should be, at least, considered.

In other words, it is interesting to extend the analysis shown
in BDSS to a form of baroclinic conversion that might act on the
scale of the low-frequency ultra-long wave disturbances. A pos-
sible candidate is the instability related to the form-drag process
(Charney and Straus, 1980; Buzzi et al. 1984, and references
therein). It arises when the domain integrated zonal momentum
interacts at the lower boundary with the topography by produc-
ing a standing wave. The induced wave pressure-drag, in turn,
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feeds back on to the integrated zonal momentum. This mutual
re-enforcement may lead to an unstable growth (see also Sec-
tion 3 for more details) during which the topography merely
catalyses the required energy conversion. Because the distur-
bance owes its existence to the topography, the zonal scale of
the growing disturbance must be similar to that of the topogra-
phy. In the Northern Hemisphere, this scale is just about the one
described by the first few gravest zonal Fourier modes. By its
own definition, a form-drag instability may occur in the absence
of a baroclinic energy source. In fact, the energy required by a
growing disturbance could be drawn also from the kinetic en-
ergy of the background flow. In this case, however, the growing
wave disturbance will be vertically evanescent and its growth
rate is, generally, smaller than that related to the conversion of
the zonal available potential energy (see Buzzi et al. 1984, and
Section 2). Because observations show that, at a planetary scale,
these features are troposphere filling, the study of their neutral-
ization condition in a baroclinic environment is an appealing
framework.

In terms of modelling, the study requires that, in the stability
analysis, besides the potential vorticity conservation law and the
associated boundary conditions, the form-drag equation must be
considered. The latter is derived in a non-geostrophic frame, as it
is a consequence of the momentum conservation in the presence
of a surface roughness and it is related to the ageostrophic mo-
tion. In a quasi-geostrophic frame, i.e. topographic height O(Ro)
where Ro is the Rossby number, this equation remains applica-
ble provided that the meridional scale of the wave disturbance is
much shorter than the one characterizing the zonal momentum
(Hart, 1979) and/or the meridional scales are of an infinite length.
Within this framework, it will be shown that the tropopause neu-
tralization condition discussed in BDSS is remarkably modified.
The form-drag affects profoundly the baroclinic instability pro-
cess leading to a neutrality condition that can be tested with more
realistic models.

By restricting the analysis, as in BDSS, to a zero background
tropospheric PV meridional gradient, we shall study a ‘rigid lid’
model (a standard Eady model with an upper lid confining the
troposphere) and a ‘two-layer’ model (two Eady layers separated
by a discontinuity in the vertical derivative of the basic fields).
In these cases, the neutrality conditions can be deduced by an
analytical method. When the upper layer has a constant, but non-
zero, PV meridional gradient, the stability condition has been
derived by a simple numerical procedure.

The paper is organized as follows. In Section 2 we present
the Eady rigid lid model when the form-drag effect is taken
into account. In Section 3 we show the dispersion relation-
ship and its implications on the tropopause neutrality condi-
tion. In Section 4 we consider the consequences of the inclusion
of a stratosphere. Finally, in Section 5 some sensitivity stud-
ies are performed. In a concluding section the main results are
summarized and some speculative thoughts on the problem are
presented.

2. Rigid lid model

To set up the frame for the study, let us review some previous
works devoted to the form-drag instability problem.

Let us analyse, for example, the effects of the form-drag in-
duced by a bottom topography h on the baroclinic instability in an
Eady flow with an upper rigid lid as in Buzzi et al. (1984). Con-
sidering a Boussinesq quasi-geostrophic atmosphere in a middle
latitude channel and the usual quasi-geostrophic scaling, the di-
mensionless PV conservation equation is

Dq

Dt
= 0, (1)

where q =∇2ψ + ∂ z(ε∂ zψ), with ψ being the quasi-geostrophic
streamfunction and ε = (L2 f 2

0)/(D2 N 2). Here, L and D are the
horizontal and vertical scales of the flow respectively, f 0 is the
Coriolis parameter at a given latitude φ0 and N is the Brunt–
Väisälä frequency. The domain integrated zonal momentum is
assumed to be a uniform field. Therefore, its tendency is not
described by eq. (1) (as, in this case, it has no vorticity). As
a consequence, in order to close the problem, the form-drag
equation must be considered

∂ux,y,z

∂t
=

(
∂ψ

∂x

)
z=0

h

x,y

, (2)

where the overbar denotes an average on the superscript vari-
ables and u is the zonal wind. In a periodic channel, the Phillips
boundary conditions (Phillips, 1954; see also Pedlosky, 1979,
p. 377) would imply that the right-hand side of eq. (2) is zero,
unless an infinitely wide channel is considered (Hart, 1979). In
physical terms, this amounts to considering the meridional scale
of u to be much greater than that of ψ .1

The boundary conditions, at the upper lid (here identified with
the tropopause height zT) and at the lower boundary z = 0, are
respectively(

∂

∂t
+ V ·∇

)
∂ψ

∂z
= 0, at z = zT (3)

(
∂

∂t
+ V ·∇

)
∂ψ

∂z
+ ε−1V · ∇h = 0 at z = 0, (4)

where V = (u, v) is the horizontal component of the wind vector.
The topography (which in BDSS was operating only through

the meridional slope effect as in Pedlosky, 1980) is chosen as a
cosine zonal profile

h(x, y) = ηG(y)(eik0x + e−ik0x ),

where G(y), η and k0 are the normalized meridional profile, the
mean quasi-geostrophically scaled amplitude of the topography
and its zonal wavenumber, respectively.

1Notice also that, if any form of dissipation is added in eq. (2), an external,
globally integrated momentum source must be supplied to the system.
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The basic state may include, besides the standard Eady zonal
flow, an orographic wave:

�(x, y, z) = −(u0 + z)y

+ [
�b(z)g(y)eik0x + �b(z)∗g(y)e−ik0x

]
. (5)

Let g(y) be the normalized meridional structure of the wave.
Here, u0 is the zonal wind at the surface and  is its verti-
cal shear. � b is the stationary wave forced by topography of
wavenumber k0 and (∗) denotes the complex-conjugate. Its an-
alytical expression is readily calculated (see Buzzi et al. 1984)
as

�b(z) = δformu0

ε�
{[α(u0 + zT) −  tanh(αzT)] cosh(αz)

+ [ − α(u0 + zT) tanh(αzT)] sinh(αz)},
where

α =
(
k2

0 − ∫ L y

0 gyy gdy
)1/2

ε1/2
,

δform = η

∫ L y

0
g(y)G(y)dy,

� = αzT2 + [−2 + α2u0(u0 + zT)
]

tanh(αzT),

k0 = 2πs

Lx
, Lx = 2πra cos(φ0), L y = ra�φ.

Here, ra is the dimensionless Earth’s radius,�φ is the meridional
width of the jet and s is the dimensionless zonal wavenumber.

If u0 = 0 the basic state is symmetric (we have no forced wave
as topography operates only at z = 0 where the flow is zero).

Let consider the perturbation superimposed on the basic flow
in the form

ϕ(x, y, z, t) = [−u′ y + �(z)+g(y)eik0x + �(z)−g(y)e−ik0x
]

× e−ik0ct + c.c., (6)

where � (z)± = a± cosh(α z) + b± sinh(αz), a± and b± are
arbitrary complex constants, and u′ is the zonal component of
the perturbation projecting on to the total momentum of the ba-
sic flow. Following the assumptions above, u′ obeys the form-
drag equation (eq. (2)). Note that the wavy part of the pertur-
bation has both an in-phase and an out-of-phase (with respect
to the topography) amplitude. Therefore, the form-drag process
always produces a perturbation on the domain averaged zonal
momentum.

By inserting eq. (6) in the linearized boundary conditions and
in the form-drag equation, we have

(u0 + z − c)
d�+

dz
+ u′ d�b

dz
− �+ = 0 z = zT

(u0 + z + c)
d�−

dz
+ u′ d�∗

b

dz
− �− = 0 z = zT

(u0 − c)
d�+

dz
+ u′

(
d�b

dz
+ ε−1δform

)

+ (δslope − )�+ = 0 z = 0 (7)

(u0 + c)
d�−

dz
+ u′

(
d�∗

b

dz
+ ε−1δform

)

+ (δslope − )�− = 0 z = 0

cu′ + δform(�+ − �−)z=0 = 0,

where a projection of the equations on to g(y) has been per-
formed. Here

δslope = 1

ε
η

∫ L y

0
g2(y)∂y G(y)dy.

In so far as the integrals contained in the definitions of δ form and
δ slope are not zero, the topography acts as a potential vorticity
gradient at the ground and as a tourque for the zonal momentum.
The assumption that the projection of G(y) over the meridional
structure g(y) has to be different from zero, is a necessary con-
dition for this occurrence (see Benzi et al. 1986). Notice that
BDSS is readily obtained by setting δ form = 0.

The system (7) is a set of five homogeneous equations for a±,
b± and u′. The solvability condition is

a1c5 + a2c3 + a3c = 0 (8)

where a1, a2 and a3 are cumbersome functions of the parameters
(not presented). When the root c = 0 (corresponding to the sta-
tionary solutions) is factorized out, we are left with a biquadratic
equation in c. Two of its possible imaginary roots correspond to
standing growing (decaying) solutions, while the others describe
travelling growing (decaying) perturbations. The existence of the
two purely imaginary roots is possible when the phase speed of
the wave equals the wind speed at the steering level. Of course,
this does not imply that there is a resonant growth, as we are
studying an instability process and, therefore, the wave ampli-
tude remains still undetermined.

Let us remark again that a ‘standing’ form-drag instability can
occur also in the case when the wave is vertically evanescent, i.e.
the Rossby height (α−1) is such that the two edge waves do not
‘see’ each other. Of course, this type of instability will have a
barotropic nature. However, more importantly, it will occur for a
tropopause height lower than that obtained when a baroclinic en-
vironment is considered. Thereby, the baroclinic neutralization
condition will include also the barotropic case.

The free dimensionless parameter values used hereafter are
 = 1, N = 1.05, φ0 = 45◦ and � φ = 27◦.

3. Dispersion relationship and its implications
on the neutrality condition

The analysis of the dispersion relationship and the spatial struc-
ture of the eigenmodes allows us to derive some useful properties
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Fig 1. (a) Dimensionless real part cr of the phase speed c and (b) growth rate k0ci as a function of the non-dimensional zonal wavenumber s for the
‘rigid lid’ model with u0 = 0, δ slope = δ form = 0.4 and zT = 0.6. The other free parameters are  = 1, N = 1.05, φ0 = 45◦ and � φ = 27◦.

of form-drag instability process. In Figs. 1a and b the dimension-
less real part of the phase speed c, cr, and the growth-rate, k0ci,
are plotted as functions of the non-dimensional zonal wavenum-
ber s for a symmetric basic state (u0 = 0). As already noticed,
besides travelling baroclinic instability waves, a lobe of standing
(cr = 0) instability located in the range of ultra-long waves is
present. The growth rate of the perturbation associated with the
standing orographic-baroclinic instability is comparable to the
travelling one. However, in the former case, the wave-scale is
typical of the ultra-long waves, a feature that, in the Northern
Hemisphere, is often associated with an orographic effect.

Moreover, the orographic-baroclinic instability, regardless of
the u0 value, is always operating. Inspecting the roots of the
solvability condition, a few additional remarks can be made.
When a non-symmetric basic state is considered, the standing
instability covers a broader (narrower) region if u0 < 0 (u0 > 0)
and the growth rate k0ci increases (decreases). As a consequence,
a surface easterly mean zonal wind causes the standing instability
to increase. The lobe of travelling unstable waves shows a greater
sensitivity to the wavy part of the basic state than the standing
one.2

Figure 2a presents the x–z cross-section of the standing
orographic-baroclinic eigenmode. The vertical structure of the
standing pattern is similar to a deep baroclinic disturbance. The
vertical tilt, denoting a baroclinic conversion process, is strongly
manifested in the lower troposphere, whereas a rather vertically
coherent structure is present in the upper layer. Figure 2b shows
the vertical structure of the long-term average (1968–1996) eddy
geopotential height for January at 45◦N – National Center for
Environmental Prediction/National Center for Atmospheric Re-
search (NCEP/NCAR) reanalysis data – as a function of the

2This matter has consequences for baroclinic development in the pres-
ence of a wavy basic state (Bordi, 2000). The study of these important
effects, however, will lead to a major digression from the aim of the
present paper. Therefore, we do not deal with these any further, leaving
their study to another occasion.

Fig 2. (a) The x–z cross-section of standing ‘orographic-baroclinic’
dimensionless eigenmode (zonal wavenumber 2). (b) The x–p
cross-section of long-term average (1968–1996) eddy geopotential
height (metres) for January at 45◦N (NCEP/NCAR reanalysis data).
The dashed (solid) lines pertain to negative (positive) values.
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Fig 3. (a) Dimensionless z1 as a function of δ slope for δ form = 0. (b) Dimensionless z1 as a function of δ form for δ form = δ slope. Thick lines pertain to
the standing lobe. (c) Dimensionless z1 as a function of δ form where we fix δ slope = 0. Thick lines pertain to the standing lobe. (d) Dimensionless
meridional heat flux associated to the normalized baroclinic eigenmodes as a function of zT. We fix s = 1 and δ slope = 0. The central lobe
corresponds to the travelling mode. The other free parameters are as in Fig. 1.

longitude. The two figures show encouraging similarity; in both
cases, the eddy geopotential amplitude increases with height,
while its phase is tilted westward mostly in the lower layer.

It is easy to show that the meridional heat flux

∂ϕ

∂x

∂ϕ

∂z

of the orographic-baroclinic eigenmode is independent of height,
as it is for the classical unstable Eady waves (Pedlosky, 1979).
In addition, it can be proved that, for any given s, the heat flux
associated with the standing orographic disturbance is, in gen-
eral, greater than that pertinent to the orographic travelling wave.
All the above physical properties make the standing orographic-
baroclinic process a candidate for playing a central role in the
ultra-long wave dynamics. Consequently, the global structure of
the dynamic tropopause might be affected by the presence of the
above instability. Therefore, the tropopause neutrality condition
should be considered in this wider framework. For example, a
main result of BDSS was to show the importance of the effect
introduced by the meridional slope of topography in the neutral-

ization condition. It is interesting to compare the latter with the
form-drag effect, as follows.

According to Section 2 of BDSS, let zs(s = 1, 2, . . .) be
the height of the tropopause for which the atmosphere is baro-
clinically neutral with respect to a perturbation with zonal
wavenumber s. In Fig. 3a z1 is shown as a function of δ slope

when no form-drag is operating (δ form = 0). Within the area
enclosed by the solid curve, there are unstable travelling pertur-
bations. Notice that these disturbances cease to be unstable when
δ slope > 1.

In contrast, Fig. 3b shows z1 as a function of δ form (taking for
instance δ form = δ slope). The thin line encloses the area of the
travelling form-drag instability, while in the area underneath
the bold line a standing form-drag unstable wave occurs. Hence,
the range of δ form for which an unstable standing disturbance
exists has no upper limit. Therefore, in a complete theory, the
neutrality condition must apply also to the standing disturbances.
In our parameter setting, a dimensional value of z1O (10 km) is
required to achieve neutrality, a height similar to that observed
in the Northern Hemisphere mid-latitude winter.
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Figure 3c shows z1 as a function of δ form when δ slope = 0.
In this case only the form-drag effect is operating. Because the
behaviour of z1 is very similar to that described in Fig. 3b, for
the purpose of isolating the form-drag contribution, δ slope may
be very well set to zero from now on.

It remains to determine whether the neutrality condition has
to be applied to travelling or standing orographic instability.
Figure 3d shows the dimensionless meridional heat fluxes for the
standing and travelling baroclinic normalized eigenmodes (for
s = 1) as a function of δ form and zT. The heat transport associ-
ated with the standing instability is about one order of magnitude
greater than that pertaining to the travelling disturbance. We may
conclude that the goal of a neutral tropopause is fully achieved
by neutralizing the standing form-drag instability.

In leaving this section we notice that the form-drag instability
disappears both for δ form = 0 and in the limit δ form → 0. It may
seem that the present theory would be applicable only to the
Northern Hemisphere, where topography is a prominent feature.
However, it can be proved (see Buzzi et al. 1984, eq. 46) that,
as long as the ratio /δ form remains finite, the standing form-
drag instability may occur even for a small topography. Thus,
we suggest that it is possible to extend the theory also to atmo-
spheric conditions similar to those of the Southern Hemisphere,
where only a small topography is present at the planetary spatial
scale, but, in mid-latitude, the vertical shear of the zonal wind
is, usually, large.

4. Effect of introducing a stratosphere

Following BDSS (specifically section 2.2), in this section we re-
move the rigid lid assumption and consider the effects of a simple
representation of the stratosphere on the standing orographic-
baroclinic instability process.

As described in BDSS, the equations of motion are

Dq j

Dt
= 0 for j = 1, 2 (9)

where the subscripts 1 and 2 refer to the troposphere and the
stratosphere, respectively. The PV meridional gradient of the
basic state is set to zero (∂ y� j = 0) everywhere, except at the
tropopause (where, in correspondence with the discontinuity in
the zonal wind vertical shear and in the static stability, a Dirac-
delta vorticity is present) and, as usual, at the ground. The bound-
ary conditions and the form-drag equation become




(
∂

∂t
+ V ·∇

)
∂ψ1

∂z
+ ε−1

1 V · ∇h = 0 at z = 0

ψ1 = ψ2 at z = zT

w1 = w2 at z = zT

ψ2 → 0 for z → ∞
∂ux,y,z

∂t
=

(
∂ψ1

∂x

)
z=0

h

x,y

(10)

with

ε j = L2 f 2
0

D2 N 2
j

j = 1, 2.

The basic state is assumed to be

�1 = −(u0 + 1z)y + [
�b1(z)eik0x + �b1(z)∗e−ik0x

]
g(y)

for z < zT

�2 = − [u0 + 1zT + a01(z − zT)] y

+ [
�b2(z)eik0x + �b2(z)∗e−ik0x

]
g(y) for z ≥ zT,

where � b1 and � b2 are the stationary solutions of eq. (10) and
a0 is a parameter that accounts for the strength and the direction
of the stratospheric zonal wind vertical shear.

Linear perturbations are then written in the form

ϕ j (x, y, z, t) = [−u′ y + � j (z)+g(y)eik0x

+ � j (z)−g(y)e−ik0x
]

e−ik0ct + c.c. (11)

with

�1(z)± = a± cosh(α1z) + b± sinh(α1z)

and

�2(z)± = d±e−α2(z−zT).

We set

α j =
(
k2

0 − ∫ L y

0 gyy gdy
)1/2

ε
1/2
j

and γ = N1

N2
.

The solvability condition is

g1c5 + g2c3 + g3c = 0 (12)

where g1, g2 and g3 are again cumbersome functions of the
parameters.

Inspecting the roots of eq. (12) it can be seen that
the orographic-baroclinic instability, characterized by a non-
propagating phase, is present also in this case. In fact, contours
of the normalized (with respect to the solution of the rigid lid
case) z1(γ , δ form) and z1(a0, δ form) are plotted in Figs. 4a and b
respectively (the negative δ form half-plane is not displayed as it
is symmetric with respect to the δ form = 0 axis). In both figures,
when δ form is small, a weak dependence of z1 on the stratospheric
parameters is found while the dependence increases for δ form >

1. Similarly to BDSS (see also Rivest et al. 1992), the introduc-
tion of the stratosphere (γ �= 0) appears to make the baroclinic
conversion less efficient, i.e. z1 is lower than that in the corre-
sponding rigid lid case. Moreover, by considering a stratospheric
zonal wind decreasing (increasing) with height, z1 increases (de-
creases). These results are in agreement with those reported in
BDSS, only they apply to the standing unstable waves.

Amongst the several assumptions so far adopted, probably the
least realistic one consists of the requirement that the basic state
PV meridional gradient in the stratosphere is zero. In removing
this limitation, let us extend the model to a constant stratospheric
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Fig 4. (a) z1 for the ‘two-layer’ model normalized with respect to the corresponding ‘rigid lid’ case (see Fig. 3c) as a function of the static stability
ratio γ and δ form. We set a0 = 0. (b) z1 for the ‘two-layer’ model normalized with respect to the corresponding ‘rigid lid’ case as a function of a0

and δ form. We set γ = 0.5 and the other free parameters as in Fig. 1.

PV meridional gradient O(β) where β is the planetary vorticity
meridional gradient. The corresponding basic state zonal wind
and temperature vertical profiles are determined with the same
procedure adopted in BDSS.

The interior equation for the streamfunction perturbation �±

is

∂zε∂z�
± +

(
∂y�

u0 + z ∓ c
− εα2

)
�± = 0, (13)

where ∂ y� is the meridional gradient of the basic state vorticity.
The lower boundary condition remains as in eq. (4). At the upper
boundary we assume that a radiation condition holds

∂z�
± + i

√
1

ε

(
∂y�

u0 + z ∓ c
− εα2

)
�± = 0

at z = Htop,
(14)

where i is the imaginary unit. The form-drag equation remains
as in eq. (2).

The top of the domain has been set at H top = 5 scale-
heights (varying the value of H top no relevant modifications were
found).

The forced stationary wave � b (which occurs if u0 �= 0) is
obtained by computing the solution c = 0 of eq. (13).

To solve the problem, eq. (13) is discretized by centred dif-
ferences on J = 100 levels; the lower and upper boundary con-
ditions are implemented by using the levels 1 and 2 and J and
J − 1, respectively. A homogeneous system of linear equations
is obtained. The phase speed c is determined by employing the
solvability condition. In order to remain on the lobe of stand-

ing (cr = 0) instability, we sought solutions for c only on the
imaginary axis.

A standing orographic-baroclinic solution is present also in
this case. In particular, Fig. 5 shows z1, normalized with respect
to the corresponding rigid lid case, as a function of δ form and
∂ y�2/β when a symmetric basic state is considered. The result
suggests that when the stratospheric ∂ y�2 increases, z1 increases
accordingly, especially for δ form > 1. Moreover, the dependence
of z1 on δ form is close to that described in Figs. 3 and 4 (i.e.
the rigid lid and the two-layer model, respectively). When a
non-symmetric basic state is used, a similar behaviour (here not
shown) is obtained.

Overall, it appears that the presence of a meridional PV gra-
dient in the stratosphere introduces an ‘effective Rossby height’.
An inspection of the eigenmode, in fact, shows that the distur-
bance decays away from the tropopause with an effective scale
that is imposed both by ∂ y�2 and by the stratospheric vertical
shear of the zonal wind.

5. Sensitivity studies

A viable method to ascertain a theory validity is to consider
whether more complex atmospheric models confirm its predic-
tions. In this section we outline the sensitivity of our results
with respect to a set of external parameters that may be easily
modified in a more realistic model. To this purpose, we consider
the two-layer symmetric basic state. Here, we show the results
sensitivity with respect to the following parameters:

(1) the Coriolis parameter f 0;
(2) the vertical wind shear 1.
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Fig 5. z1 normalized with respect to the corresponding ‘rigid lid’ case
as a function of δ form and ∂ y�2 for the symmetric ‘two-layer’ model
with a stratosphere characterized by ∂ y�2 �= 0, a0 = 0 and γ = 0.5.

Let a0 = 0, γ = 0.5, δ form = 2 and ∂ y�2 = 0. Figure 6 shows
z1 as a function of f 0 and 1. As in BDSS, z1 depends on 1

(i.e. on the surface meridional temperature gradient). When the
planetary rotation rate is varied, z1 increases for higher values of
f 0. Thus, the neutralizing tropopause, with respect to the stand-
ing orographic-baroclinic instability, has a dependence on the
Coriolis parameter, suggesting a disagreement with the GCM
outcomes (Thuburn and Craig, 1997). Whether this fault may be
corrected in extended theories is a questionable matter. In fact, a
considerable variation of the rotation rate may drastically upset
the quasi-geostrophic scaling and the associated conservation
laws on which the theory is based.

We have also repeated the previous computation for the non-
symmetric basic state obtaining similar results (not shown here).

6. Conclusions

In this paper a neutralization theory of the orographic-baroclinic
instability has been proposed. The model appears to be struc-
turally stable with respect to some external parameters. In fact,
the orographic-baroclinic instability process always maintains
its physical properties: non-propagating phase, vertical coher-
ence, space–time scales in the range of ultra-long wave and low-
frequency variability. Following the latter remark it can be spec-
ulated that the orographic instability process may account for a
considerable part of the interannual variability of the observed
tropopause height.

Because the form-drag effect occurs also for small topography
height, we suggest that the theory can be extended to the Southern
Hemisphere.

Fig 6. Dimensionless z1 as a function of f 0 and the zonal vertical wind
shear 1 for the ‘two-layer’ model. We fix a0 = 0, γ = 0.5 and
δ form = 2.

When a large topography is present, the neutrality condition
on the tropopause height neutralizes also ordinary baroclinic
modes of comparable wavelength. Thus, we believe that the sig-
nature of our hypothesis is more easily found in the Northern
Hemisphere.

In view of the potential role of the above instability in de-
termining the observed dynamics of the tropopause, we have
devoted particular attention to its behaviour at the threshold of
instability when the stratosphere is included. In this regard, we
remark that the recent observed tropopause trend (Santer et al.
2003) in mid-latitudes may be connected with the present theory
via the stratospheric static stability dependence of the neutral-
ization process.
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