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Abstract 
 

The degree and cause of chemical heterogeneity within the Earth’s mantle remains an enigmatic 

topic in geochemistry. Chemical heterogeneity may be caused by the recycling of chemically altered 

and subduction zone processed crustal material from the Earth’s surface into the mantle. Novel 

stable isotope systems offer insights into this process, as low temperature isotopic fractionations 

at the Earth’s surface can survive subduction back to the mantle, potentially polluting sources of 

mantle derived basalts.  

 

This thesis documents the use of uranium, molybdenum, and potassium isotopes to trace crustal 

recycling. The uranium isotopic composition of modern-day oceanic crust altered in oxygen-rich 

deep oceans is shown to be heterogeneous. Comparing uranium compositions in modern sections 

of altered oceanic crust to ancient pieces preserved as ophiolites, shows that the deep oceans have 

potentially been oxygen-rich since 750 million years ago. This constrains how long isotopically 

distinct (from the bulk silicate Earth) uranium has been recycled into the mantle.  

 

Utilising constraints from uranium and molybdenum isotopes, we show that sources of enriched-

mid-ocean ridge basalts may not contain recycled oceanic crust. Instead, isotopic data favours a 

model of low-degree partial melting of ancient mantle sources, pre 750 million years ago, at the 

asthenosphere-oceanic lithosphere boundary. Such melts, enriched in incompatible elements, 

metasomatise overlying oceanic lithosphere that is eventually recycled and sampled as enriched-

mid-ocean ridge basalts. 

 

We show that potassium isotopes trace subduction zone processes and can distinguish between 

slab derived components, such as fluids released from subducting slabs during dehydration, types 

of subducting sediments with or without altered oceanic crust, that are added to the sources of arc 

lavas.  

 

We produce models of crustal recycling to show that uranium and molybdenum isotopic 

heterogeneity within the mantle can be created in geologically feasible timescales and use them to 

assess the utility of potassium to tracing crustal recycling.  
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1.1 Outline of Thesis 
 

This PhD thesis uses several novel stable isotope systems to investigate mantle geochemistry. In 

particular this work focuses on the recycling of crustal material from the Earth’s surface to its 

interior and ways to trace this process. The stable isotope systems of uranium (U), molybdenum 

(Mo) and potassium (K) are applied to various aspects of this field of research.  

 

Chapter 2 details methods for the high precision measurement of U, Mo, and K isotopes using 

multi-collector inductively coupled plasma mass-spectrometry. Chapter 3 explores the behaviour 

of the U isotopic system during the alteration of the modern day oceanic curst by circulating 

seawater. Chapter 4 applies the findings from chapter 3 and other work to investigate ophiolite 

samples from a U isotopic perspective to infer the timing of past conditions of ocean oxia, that 

can be further linked to changes in mantle chemistry overtime and changing surface conditions. 

Chapter 5 utilises these time constraints from U isotopes, and other constraints from Mo isotopes 

to investigate the origin of chemically enriched portions of the upper mantle as represented by 

enriched-mid-ocean ridge basalts. Chapter 6 applies the newly emerging K isotopic system to the 

generation of arc lavas in subduction zones. Aims are to further understand arc lavas genesis and 

characterise mantle inputs beyond the subduction zone. Chapter 7 combines the work from this 

thesis on U, Mo, and K isotopic systems into simple mass balance Monte Carlo models of crustal 

recycling into the mantle. These models add support to hypotheses made from data and help target 

future work. Finally, chapter 8 summarises the main findings of this thesis, highlights areas of 

future research, and the usefulness of novel stable isotopes as tracers of crustal recycling and 

mantle mixing.   
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1.2 Mantle chemical heterogeneity 
 

The Earth’s mantle is heterogeneous in numerous aspects, e.g., temperature, viscosity, seismic 

velocity, mineralogy, and chemical composition. Chemical heterogeneity of the mantle has long 

been established in the concentrations, ratios and isotopic ratios of various elements (e.g., Hedge 

and Walthall, 1963; Gast et al., 1964; Tatsumoto et al., 1965; Hart et al., 1971; White and Schilling, 

1978; White and Hofmann, 1982a, 1982b; Dupré and Allègre, 1983; Hart, 1984; Zindler and Hart, 

1986; Hofmann, 1988, 1997). Initial mantle-core differentiation and the extraction of the 

continental crust from the mantle has resulted in a layered and heterogenous Earth with distinct 

compositions due to different element compatibilities in various phases and reservoirs. Convection 

of the mantle over geological timescales may act to homogenise the mantle. However, a key cause 

of generating further mantle chemical heterogeneity is the recycling of crustal material from the 

Earth’s surface to its interior. Oceanic crust and continental derived sediments are processed on 

the Earth’s surface and in subduction zones, changing their chemistry, before re-injection into the 

mantle, polluting the mantle with various chemical components that appear to survive 

homogenisation (e.g., Chase, 1981; Hofmann and White, 1982). Elemental and isotopic tools have 

been applied over the past sixty years to trace the recycling of crustal material into the Earth’s 

mantle and fingerprint distinct compositions that reflect the admixture of surface derived material 

into the mantle. To achieve this, all aspects of oceanic crust need to be understood; from the 

creation of new oceanic crust at mid-ocean ridges (MOR), alteration of the oceanic crust by 

circulating seawater, processing of oceanic crust in subduction zones, role in arc lava genesis, and 

finally the potential mixture back into the mantle.  

 

The two major sample types used to analyse the mantle and identify chemical fingerprints of 

recycled crustal components are mid-ocean ridge basalts (MORB) created along MOR as new 

oceanic crust, and ocean island basalts (OIB), magmatism typically related to buoyantly upwelling 

plumes. While MORB sample the depleted upper most mantle (the melting regime is believed to 

sample down to ~ 100 km), OIB are thought to sample deeper mantle via mantle plumes (Wilson, 

1963; Morgan, 1971, 1972; Schilling, 1973). Radiogenic lead (Pb), strontium (Sr), neodymium (Nd) 

and hafnium (Hf) isotope data have long shown that OIB exhibit significant heterogeneity, relative 

to MORB (Fig. 1). Various end member compositions have been identified and are used to explain 

the chemical heterogeneity of OIB. One end member is denoted by relatively un-radiogenic 
87Sr/86Sr and Pb isotopic compositions (e.g., 206Pb/204Pb, 207Pb/204Pb and 208Pb/204Pb) that extend 

to highly radiogenic values (Fig. 1), and is termed HIMU, for the high μ values (μ = 238U/204Pb) of 
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its source inferred from the Pb isotopic measurement. Enriched mantle components, EM-1, and 

EM-2, both have low 143Nd/144Nd and 176Hf/177Hf ratios (EM-1 more so) and high 87Sr/86Sr ratios 

(EM-2 more so) (Fig. 1). Another end member component is the depleted MORB mantle (DMM), 

represented by MORB. Lastly a composition that may be common to many plumes, but itself is 

not a distinctive, endmember component has been termed variously PREMA (prevalent mantle) 

(Wörner et al., 1986), FOZO (focus zone) (Hart et al., 1992), C (Hanan and Graham, 1996) or 

PHEM (Farley et al., 1992) (Fig. 1).  
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Fig. 1. The mantle array as represented in long lived radiogenic isotopes of Sr, Nd, Hf and Pb in 

MORB and OIB. Data for MORB is sourced from the compilation of Stracke (2012), and OIB 

downloaded from GEOROC (https://georoc.mpch-mainz.gwdg.de//georoc/Start.asp) using the 

precompiled ocean island group files on 19th April 2022. End member compositions are marked 

following Stracke (2012), see main text for details, note that PREMA represents a range of 

compositions. (a) 206Pb/204Pb vs. 87Sr/86Sr, (b) 143Nd/144Nd vs. 87Sr/86Sr, (c) 176Hf/177Hf vs. 
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87Sr/86Sr, (d) 176Hf/177Hf vs. 143Nd/144Nd, (e) 143Nd/144Nd vs. 206Pb/204Pb, (f) 176Hf/177Hf vs. 
206Pb/204Pb (g) 207Pb/206Pb vs. 206Pb/204Pb, (h) 208Pb/204Pb vs. 206Pb/204Pb.  

 

The specific culprit for each end-member is not straightforward but the recycling of oceanic crust 

into the lower mantle with or without some upper and or lower crust continental material 

component has been invoked in many cases as a cause for the chemical heterogeneity seen in OIB 

(e.g., see reviews in Zindler and Hart, 1986; Hofmann, 1997; Stracke et al., 2005; Stracke, 2012 and 

references therein). For example, the EM-1 source has been suggested to contain recycled 

subcontinental lithosphere (McKenzie and O’Nions, 1983), recycled lower continental crust 

(Willbold and Stracke, 2006) or recycled pelagic sediments (Eisele et al., 2002; Delavault et al., 

2016), with the debate ongoing. The EM-2 component, which also has low niobium / thorium 

(Nb/Th) and Nb/U ratios, could be explained by recycled continental sediments (White and 

Hofmann, 1982a; Jackson et al., 2007). The HIMU component has been linked to recycled mafic 

oceanic crust material in the source (e.g., Chase, 1981; Chauvel et al., 1992). Chemical enrichment 

during seafloor alteration, such as of U (e.g., Hart and Staudigel, 1982) and large depletions of 

elements such as Pb during subducting slab dehydration (e.g., Miller et al., 1994) results in 

subducting residues with high U/Pb ratios, that may subduct into the lower mantle and result in 

the HIMU source. Ocean island basalts may also sample mantle sources that are isolated for longer 

times, allowing more radiogenic ingrowth, while the MORB source may be a well stirred reservoir. 

Melting processes that generate OIB may also preferentially sample more easily melted recycled 

components. Differences between OIB and MORB can also be masked for example, when OIB 

are erupted below MOR, e.g., Iceland, where isotopic differences between Icelandic lavas and 

general MORB are smaller than other OIB locations (Fig. 1). Overall, a general picture of a large 

degree of OIB variability in radiogenic isotope compositions compared to MORB, has long been 

interpreted to reflect a relatively polluted lower mantle with a greater proportion of recycled crustal 

components in the deep sources of OIB than in the upper mantle source of MORB (Fig. 1). 

 

The upper mantle however is not chemically homogeneous. There have been differences identified 

between ocean basins, notably between the Indian and others in radiogenic Sr isotopic 

compositions, the so called DUPAL anomaly   (Fig. 2), suggesting some geographical component 

of chemical heterogeneity (Dupré and Allègre, 1983; Hart, 1984). Also most basalts sampled along 

MOR have a ‘depleted’ signature, e.g., ratios of more to less incompatible elements lower than 

primitive mantle, which can be defined by lanthanum/samarium (La/Sm) ratios normalized to 

primitive mantle (La/Sm)N < 1 (Sun and McDonough, 1989; Gale et al., 2013), or potassium 
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oxide/titanium dioxide (K2O/TiO2) ratios < 0.11 (Marty and Zimmermann, 1999) and can be 

termed normal (N)-MORB (Fig. 3). In some locations, however, MORB samples have higher 

incompatible element abundances, with (La/Sm)N > 1 and or K2O/TiO2 > 0.11, and are termed 

enriched (E)-MORB (Fig. 3) (Marty and Zimmermann, 1999; Gale et al., 2013), with the origin of 

enrichment being debated (e.g., Niu et al., 2002; Yang et al., 2020). Taken together this is strong 

evidence that the upper mantle is relatively chemically heterogeneous and MORB have chemical 

differences that need to be explained to understand the chemical evolution of the Earth’s mantle.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 2. Mid-ocean ridge basalt data for the Atlantic (blue diamonds), Pacific (green squares) and 

Indian (yellow stars) oceans in 206Pb/204Pb vs. 87Sr/86Sr space. Indian ocean samples and some 

Atlantic (Southern Atlantic) are slightly offset compared to Pacific and most Atlantic samples to 

lower 206Pb/204Pb and slightly higher 87Sr/86Sr. 
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Fig. 3 Global MORB database from Gale et al. (2013) with boundaries for E-MORB defined on 

(La/Sm)N and K2O/TiO2 shown as black dashed lines. Most of the MORB data clusters in the 

bottom left of the diagram, and these are N-MORB samples.  

 

Another distinctive aspect of the chemistry of MORB, that is not evident in the radiogenic isotope 

systematics in figure 1, is its higher time integrated 232Th/238U (ϰPb) ratio calculated from Pb isotopic 

compositions compared to the measured 232Th/238U (ϰ) ratio, the so called kappa conundrum 

(Tatsumoto, 1966; Galer and O’Nions, 1985; Elliott et al., 1999) (Fig. 4). The hydrological recycling 

of U relative to Th from the continental crust into the upper mantle and subsequent lowering of 

upper mantle Th/U ratio (ϰ), faster than the time integrated ϰPb, is a way to resolve the kappa 

conundrum (e.g., Elliott et al., 1999). Given the limited ability of magmatic processes to fractionate 

Th and U (they are both tetravalent in the mantle and elements of similar incompatibility (Calas, 

1979)) this role of recycled U appears to be critical (Zartman and Haines, 1988; McCulloch, 1993; 

Collerson and Kamber, 1999; Elliott et al., 1999). 

 

The redox sensitive nature of U places valuable time constraints on the process of U recycling. On 

the Earth’s surface, U may be found as U4+ and U6+. Under low atmospheric oxygen conditions, 

such as before the great oxygenation event (GOE) around 2.4 Ga (e.g., Holland, 1984; Holland et 

al., 1986; Holland, 2002, 2006; Lyons et al., 2014), U would have been present on the Earth’s 

surface as fluid immobile U4+, retained in the continental crust. Post GOE, with appreciable 

atmospheric oxygen levels, U could be oxidised during weathering to fluid-soluble U6+ (Langmuir, 

1978) and be transported in the hydrosphere, relative to fluid immobile Th. The disappearance of 
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detrital uraninite deposits after the rise in atmospheric oxygen, and dominance of hydrothermal U 

mineralization since the rise in atmospheric oxygen, evidence the global surface change in the 

behaviour of U around the GOE (Kimberley, 1978). Continentally derived U in the hydrosphere 

is eventually transported to the oceanic crust through alteration and then to the mantle via 

subduction. The addition of excess U, relative to Th, to the Earth’s mantle over the last 2.4 Gyr is 

a feasible way to lower the measured ϰ   relative to the calculated ϰPb ratio (e.g., Elliott et al., 1999). 

This can be seen as a gradual lowering of the Th/U ratio of the mantle over time, from chondritic 

compositions ~ 3.9 (Blichert-Toft et al., 2010) to ~ 2.5 to 3.5 as measured in modern day MORB 

and OIB (e.g., Gale et al., 2013; Andersen et al., 2015). A gradual lowering of the Th/U ratio in 

OIB with progressively younger Pb model ages from ~ 2.5 to 1.5 Ga indicates the continual 

pollution of the lower mantle with U (Andersen et al., 2015) (Fig. 5), and lower Th/U ratios e.g., 

< 3 measured in some MORB suggest the presence of a greater proportion of recycled U in the 

upper mantle.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 4. Calculated time integrated 232Th/238U ratio from measured 208Pb/204Pb and 206Pb/204Pb of 

MORB (ϰPb) versus measured 232Th/238U (ϰ). Data is from a filtered version of the Gale et al. 

(2013) compilation to only include samples measured by inductively coupled plasma mass 

spectrometry methods to ensure high quality data. Samples have been grouped into N-MORB 

(yellow squares) and E-MORB (blue circles). Time integrated ϰPb  calculated using the inputs in 

Wipperfurth et al. (2018), where corrected 208Pb/206Pb ratios are calculated by subtracting the 
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208Pb/204Pb and 206Pb/204Pb composition of the Canyon Diablo meteorite (29.476 and 9.307 

respectively (Tatsumoto et al., 1973; Blichert-Toft et al., 2010). Then assuming a closed system, 

the ϰPb composition is calculated taking the age of the Earth to be 4.568 Ga and the half-life of 
238U to be 4.468 Gyr and 232Th to be 14.05 Gyr. 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 5. Lead model source age in Ga versus measured Th/U for the average compositions of select 

ocean island basalt groups. Figure recreated from Andersen et al. (2015), see their text for details 

on how Pb model ages are calculated. Error bars are smaller than symbols used.  

 

Therefore, the simple picture of an upper mantle uncontaminated with recycled crustal 

components, as suggested by radiogenic isotopes, might not be accurate. High precision 

measurements of novel stable isotope systems can provide new insights on mantle chemical 

heterogeneity. Measurements of stable isotopes offer an alternative way to trace the recycling of 

crustal material; as stable isotope fractionations have an inverse relationship with temperature, 

large low temperature fractionations generated at or near the surface may survive into the mantle. 

These can be inherited by mantle derived melts that undergo insignificant isotopic fractionation at 

high temperature, allowing mantle derived basalts to reflect source variability. 
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1.3 Novel stable isotope tracers of crustal recycling 
 

Uranium, while radiogenic, the long lived 238U and 235U isotopes can undergo large low temperature 

stable isotopic fractionations at the surface. Primarily the isotopic fractionations in U are governed 

by redox changes and are dominated by the nuclear field shift effect. The isotopic fractionation is 

in the opposite sense to conventional mass dependent fractionation theory based on vibrational 

energies (e.g., heavier isotopes prefer higher oxidation states) (e.g., Bigeleisen and Mayer, 1947; 

Urey, 1947; Schauble, 2004)). Instead the heavier U isotopes are preferred in the more reduced 

form (e.g., Bigeleisen, 1996a, 1996b, 1998; Schauble, 2007; Abe et al., 2008; Yang and Liu, 2016). 

The U stable isotopic composition, 238U/235U (reported as ẟ238U = (238U/235Usample)/(238U/235UCRM-

145) – 1), of various mafic igneous, felsic igneous and sedimentary rocks has been characterised 

(Fig. 6). There is a large degree of heterogeneity reflecting various geological processes and in 

particular variations in mafic igneous mantle derived basalts may reflect crustal recycling processes. 
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Fig. 6. Caltech plot of uranium isotopic composition of various mafic and felsic igneous rocks 

along with a selection of sediments. Modern seawater composition is from Kipp et al. (2022) 

and shown as vertical dashed blue line and the bulk silicate Earth composition is from Andersen 

et al. (2015) and shown as a vertical dashed black line. Felsic and continental rocks and black 

shales is from the compilation of Tissot and Dauphas (2015) and references therein. Iron – 

manganese nodule data is from Goto et al. (2014). Marine sediments, ODP 801C 

supercomposite (sample of altered oceanic crust drill core mixed in proportion to average the 

oceanic crust), OIB and N-MORB data is from Andersen et al. (2015). Altered oceanic crust 

(AOC) data is from Andersen et al. (2015) and Andersen et al. (In prep). Arc lava data is from 

Andersen et al. (2015) and Freymuth et al. (2019). 

 

Andersen et al. (2015) measured the U “stable” isotopic compositions of various mantle derived 

basalts and crustal recycling inputs (altered oceanic crust (AOC)) and outputs (arc lavas) (Fig. 7). 

Uranium isotopic compositions indicate that the N-MORB source is contaminated with 

isotopically distinct recycled crust (Fig. 7). Normal-MORB is shifted to higher 238U/235U ratios than 

bulk silicate Earth (BSE), as defined from chondrites, making N-MORB super-chondritic (higher 

than BSE) (Andersen et al., 2015). The recycling of AOC, with high 238U/235U (e.g., ocean drilling 

program site 801C “supercomposite” – a sample made from lithological components of AOC 

mixed in proportion to their abundance (e.g., Kelley et al., 2003)), is thought to be component that 

contaminates the MORB source (Fig. 7), with subduction zone processing only making the 

recycling component even higher in 238U/235U, as inferred as a complement to arc lavas with low 
238U/235U (sub-chondritic (lower than BSE)) (Fig. 7). In contrast, OIB do not show evidence for 

this isotopically heavy, recycled U, isotopically distinct component, with the average 238U/235U 

composition of OIB being indistinguishable from the BSE (Fig. 7). This view of an upper mantle 

(N-MORB source) contaminated with recycled crust and an unpolluted lower mantle (OIB source) 

is contrary to that from radiogenic Sr and Pb isotopes (Fig. 1). 
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Fig. 7. Uranium isotopic composition in ẟ238U against the Th/U ratio of some mantle derived 

basalts and an average composition for AOC (801C supercomposite). Figure is reproduced from 

Andersen et al. (2015) and data is from Andersen et al. (2015) and Freymuth et al. (2019). A 

representative arrow shows the vector that crustal recycling would drive compositions, to lower 

Th/U ratio and higher ẟ238U values, away from a bulk silicate Earth composition.  

 

The redox sensitive behaviour of U that changes with atmospheric oxygen abundance, gives useful 

time constraints on elemental U recycling processes. Similar to the change in the U system on the 

Earth’s surface post GOE, the distinct U isotopic compositions in AOC that pollutes the mantle 

is thought to only be generated in oxygen rich deep oceans (Andersen et al., 2015). The on average 

isotopically heavy U signature of AOC relies on partial reduction of U during the circulation of 

oxygen rich seawater. Just as atmospheric oxygen levels have changed over time, so have those of 

the deep oceans, but notably on a different time scale, with estimates of deep ocean oxygenation 

(i.e., similar levels to modern day) ranging from ~ 850 to 400 Ma (see Lyons et al., 2014 and 

references therein). Prior to this time AOC would likely be unperturbed in its U isotopic 

composition and unable to drive the mantle to super-chondritic U isotope compositions. 

Therefore, the U isotopic system can provide a time dependent view on mantle chemical 

heterogeneity and place constraints on how long it takes to stir the mantle chemically.  

 

The work in this thesis follows on from these emerging ideas of a mantle that is as a whole 

chemically heterogeneous and applies novel stable isotope measurements to trace processes of 
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crustal recycling. Chapter 3 details the further characterisation of mantle crustal recycling inputs 

for their U isotopic composition, focusing on AOC. Chapter 4 deals with the potential changes in 

the U isotopic system over time by analysing ophiolites back to 750 Ma, with the aim of further 

aiding in tightening the time constraints for linking the U system to crustal recycling processes. 

Also, we use measurements of (234U/238U) activity ratios to inform on recent perturbations to the 

U system. Given the large difference in half-life of parental 238U and short-lived daughter 234U, the 

decay chain forms a secular equilibrium system, where the rate of atomic disintegrations (activity) 

is equal for each of the radioactive nuclides in the decay chain, so it can reach a state of radioactive 

equilibrium (unity) – secular equilibrium. For the 238U to 234U decay chain, secular equilibrium is 

reached within around two million years, such that any recent perturbation (i.e., within the last two 

million years) to U will be recorded as (234U/238U) disequilibrium. Samples can therefore be 

screened for recent alteration and for more modern samples (234U/238U) ratios can give information 

on timings of U addition and loss.  

 

The Mo stable isotopic composition, 98Mo/95Mo (reported as ẟ98Mo = 

(98Mo/95Mosample)/(98Mo/95MoNISTSRM3134) – 1), of various mafic igneous, felsic igneous and 

sedimentary rocks has been characterised (Fig. 8). There, as with U, is a large degree of 

heterogeneity reflecting various geological processes and in particular variations in mafic igneous 

mantle derived basalts may reflect crustal recycling processes (Fig. 8b). Hin et al. (2022) have 

recently shown that Mo isotopes trace the recycling of crustal material into the upper mantle. Sub-

chondritic Mo isotopic compositions of N-MORB have been inferred to reflect the contamination 

of the N-MORB source with slab residues after subduction zone dehydration at low enough 

temperatures such that significant mass dependent isotopic fractionations occur (Fig. 9). This 

processes drives residual slab compositions (e.g., eclogites) to sub-chondritic Mo isotopic 

compositions (e.g., Freymuth et al., 2015; König et al., 2016; Chen et al., 2019; Ahmad et al., 2021), 

that can stir into the upper mantle polluting the N-MORB source. Molybdenum however monitors 

the convective stirring of the mantle over a different timescale to U. While the behaviour of U is 

tied to changes in atmospheric and oceanic (more important for U isotopic changes) oxygen levels, 

the cycling of isotopically perturbed Mo has likely been occurring since the onset of plate 

subduction and behaved in a similar way to modern day since at least the GOE, if atmospheric 

oxygen levels have a control on the behaviour of redox sensitive elements in subduction zone 

processing. Molybdenum isotopes are also potentially fractionated during low degree partial 

melting processes (McCoy-West et al., 2019) and can thus also provide useful constraints on how 

varying degrees of melting affect the compositions of mantle derived rocks. Thus, Mo isotopes 
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can provide information on crustal recycling processes and the generation of mantle heterogeneity 

extending further back into the Earth’s geological history, and act as a useful comparison to the U 

system. 
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Fig. 8. (a) Caltech plot of molybdenum isotopic composition of various mafic and felsic igneous 

rocks along with a selection of sediments, (b) Caltech plot of Mo isotopic composition of various 

mafic rocks, altered oceanic crust and marine sediments. Modern seawater composition is from 

Nakagawa et al. (2012) and is shown as vertical dashed blue line and the bulk silicate Earth 

composition is from Burkhardt et al. (2014) and is shown as a vertical dashed black line. Felsic 

and continental rocks is from Yang et al. (2017), and black shales is from the compilation of Ye 

et al.  (2021) and references therein. Iron – manganese nodule data is from Siebert et al. (2003). 

Marine sediments, ODP 801C supercomposite (sample of altered oceanic crust drill core mixed 

in proportion to average the oceanic crust) and altered oceanic crust (AOC) data is from Freymuth 

et al. (2015). OIB data is from Elliott (pers. comm). N-MORB and E-MORB data is compiled 

using the same selection criteria from Hin et al. (2022)including data from Hin et al. (2022), 

Liang et al. (2017), Bezard et al. (2016) and Chen et al. (2022). Arc lava data is from Freymuth 

et al. (2015) and Villalobos-Orchard et al. (2020). Eclogite data is from Chen et al. (2019). 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 9. Molybdenum isotopic composition in ẟ98Mo against the cerium (Ce)/Mo ratio of some 

mantle derived basalts and an average composition for altered oceanic crust (AOC 801C 

supercomposite). Data is sourced from Burkhardt et al. (2014), Freymuth et al. (2015), Bezard 

et al. (2016), Chen et al. (2019, 2022), Villalobos-Orchard et al. (2020) and Hin et al. (2022). 

A representative arrow shows the vector that crustal recycling would drive compositions, to higher 

Ce/Mo ratio and lower ẟ98Mo values, away from a bulk silicate Earth composition.  
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One aspect of chemical heterogeneity in the upper mantle that is heavily debated is the origin of 

incompatible element rich portions as sampled by E-MORB with (La/Sm)N > 1. Enriched mid-

ocean ridge basalts that occur far from mantle plumes are enriched in incompatible elements 

relative to N-MORB with the reason for enrichment being unclear. Some arguments have called 

for recycled oceanic crust as a cause of the enrichment (e.g., Prinzhofer et al., 1989; Yang et al., 

2020), while others argue more for low degree partial melting causing mantle metasomatism (e.g., 

Niu et al., 2002). Given the utility of U and Mo in tracing crustal recycling in N-MORB (Andersen 

et al., 2015; Hin et al., 2022), measurements of these in E-MORB, as is done in chapter 5, may be 

able to distinguish between models of formation and provide constraints on the timings and 

processes of E-MORB source formation.  

 

Expanding to new and emerging isotopic systems such as K, adds new tools to the geochemical 

toolbox for investigating mantle chemical heterogeneity. The K stable isotopic composition, 
41K/39K (reported as ẟ41K = (41K/39Ksample)/(41K/39KNISTSRM3141a) – 1), of various mafic igneous, 

felsic igneous and sedimentary rocks has been characterised (Fig. 10). There is some significant 

variability in the K isotopic composition of felsic rocks, sediments and arc lavas and eclogites that 

show complementary behaviour reflecting various geological processes. Unlike U and Mo 

however, there is little variation between mafic igneous rocks, namely types of MORB and OIB 

(e.g., Tuller-Ross et al., 2019).  The mantle inputs (AOC and marine sediments) of K are relatively 

well characterised (e.g., Hu et al., 2020) but few volcanic arcs are characterised (e.g., Hu et al., 2021; 

Parendo et al., 2022b), and they show relatively diverse compositions (Fig. 11). Further study on 

volcanic arcs is necessary to know how subduction zone processing changes mantle inputs of K 

and how this relates to the composition that may pollute the mantle source of OIB and MORB, 

necessary to know if any isotopic heterogeneity may be expected. Chapter 6 applies the K isotopic 

system to the well-studied Mariana arc (e.g., Elliott et al., 1997) to further elucidate on the slab 

components in the arc lavas and characterise mantle K inputs. This with the aim of evaluating the 

usefulness of K isotopes as a tracer of crustal recycling. 
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Fig. 10. Caltech plot of potassium isotopic composition of various mafic and felsic igneous rocks 

along with a selection of sediments. Modern seawater composition is from Wang et al. (2020) 

and is shown as vertical dashed blue line and the bulk silicate Earth composition is from Tuller-

Ross et al. (2019) and is shown as a vertical dashed black line. Felsic and continental rocks is 

from Wang and Jacobsen (2016) and Chen et al. (2020). Marine sediments include averages of 

sediment columns from a range of global arcs from Hu et al. (2020) and data from Parendo et 

al. (2022a), the ODP 801C supercomposite (sample of altered oceanic crust drill core mixed in 

proportion to average the oceanic crust) and altered oceanic crust (AOC) data is from Hu et al. 

(2020). OIB, N-MORB and E-MORB data is from Tuller-Ross et al. (2019). Arc lava data is from 

Parendo et al. (2022b) and Hu et al. (2021). Eclogite data is from Liu et al. (2020). 
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Fig. 11. Potassium isotopic composition in ẟ41K against the K/Nb ratio of some mantle derived 

basalts and an average composition for altered oceanic crust (AOC 801C supercomposite). 

Average composition of front Izu arc lavas is shown (Parendo et al., 2022b) as well as two 

samples (isotopically heaviest and lightest) from the Lesser Antilles arc (Hu et al., 2021). Other 

data is sourced from Tuller-Ross et al. (2019), Hu et al. (2020) and Liu et al. (2020). 

 

Simple mass balance models of crustal recycling into the mantle can test theories of crustal 

recycling, evaluate time scales of stirring, and inform on the usefulness of isotopic tracers. Chapter 

7 takes this approach and uses the information given from U, Mo, and K isotopes to build a 

coherent picture of the long-term chemical evolution of the mantle over geological time.  

 

This thesis therefore contributes new U, Mo, and K isotopic data on various aspects of mantle 

geochemistry related to crustal recycling. The work addresses long standing questions, improves 

the understanding of mantle chemical heterogeneity and its causes, allowing a more complete 

picture of the chemical evolution of the Earth.  
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2.1 Introduction  
 

The main technique applied during this PhD research was the high precision uranium (U), 

molybdenum (Mo) and potassium (K) isotope measurement of geological samples using multi-

collector inductively coupled plasma mass spectrometry (MC-ICP-MS). Trace element 

concentration analysis via ICP-MS was carried out as a part of this work. This chapter details the 

various chemical, mass spectrometric and analytical methods used throughout the course of this 

PhD. 
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2.2 Uranium isotope analysis methods 
 

2.2.1 Sample dissolution and spiking 

 

Uranium isotopic analysis was conducted on purified solutions collected after ion-exchange 

chromatography using the double spike technique. Sample powders were weighed (typically 

50 to 1000 mg depending on U concentration) into pre-cleaned PFA beakers (7, 15 or 60 ml 

depending on sample volume). For 1000 mg samples, they were digested in ~ 24 ml of acid (or 

appropriately scaled volume for smaller mass samples) using a mixture of 5:1 15.6 M HNO3 and 

Romil UpA 28.1 M HF and placed on a tabletop hotplate at 120 °C for at least 48 hours. Samples 

were then evaporated to dryness and re-dissolved twice in 6 M HCl to remove fluoride precipitates 

and achieve full sample dissolution. Alternating stages between 6 M HCl and 7 M HNO3 were 

needed for samples that were difficult to fully dissolve. When more than 1000 mg of sample was 

required due to low U concentrations, multiple PFA beakers were used to achieve dissolution of 

separate splits of samples, before partial evaporation and combination into one beaker. For 

samples that contained large amounts of refractory minerals such as spinel or when > 1000 mg of 

sample in a beaker was difficult to dissolve, samples were centrifuged, and the supernatant 

decanted off solid residues. Solid residues were placed in PARR bombs with a mixture of Aqua 

regia + trace 28.1 M HF at 200 °C for 168 hours. Once full dissolution was achieved samples were 

recombined and prepared for ion-exchange columns.  

 

The double spike tracer (IRMM3636 236U – 233U, 50:50 (Richter et al., 2008)) was added to samples 

prior to dissolution in most instances, except where multiple aliquots were digested separately and 

later combined, in this case, the spike was added after recombination of the sample. The double 

spike was added to samples according to their U concentrations aiming for a 236U/235U ratio of 5. 

Due to inaccuracies such as in the U concentrations of unknown samples an exact 236U/235U ratio 

of 5 is not always achieved, however as shown in Andersen et al. (2015) ratios from 1 to 21 give 

identical results. The double spike technique allows for accurate determination of fractionation 

during ion-exchange columns (e.g., if  U recovery is not quantitative), and instrumental mass 

fractionation during MC-ICP-MS analysis (Dodson, 1963, 1969, 1970; Russell et al., 1978).  
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2.2.2 Chemical purification of uranium 

 

After digestion, spiked samples were re-dissolved in 40 ml of 1.5 M HNO3 and loaded onto 

commercially available Bio-Rad Poly-Prep columns containing 1 ml of TRU resin (TrisKem) (100 

to 150 mesh). Column methods were adapted from Andersen et al. (2015) and are outlined in table 

1, and elution curves are given in figure 1a. Where over 1000 mg of sample was dissolved the 

sample was split over multiple columns, with a maximum of 1000 mg of digested sample being 

processed using a single column. When samples were divided, the collected aliquots were re-

combined post-chemistry. The TRU resin columns remove most major matrix elements from the 

U fraction, however there is poor separation of thorium (Th), which has an isobaric interreference 

on 233U via thorium hydride (232Th1H+). Therefore, a second column to purify the U fraction and 

separate Th is needed.  

 

Collected U fractions from the TRU column were dried and fluxed overnight in a 1 ml 50:50 15.6 

M HNO3: 30 % Romil SpA H2O2 mixture to eliminate any organic material that may have leached 

off resin into samples. Samples were then dried and re-dissolved in 5 ml 3 M HNO3 and loaded 

onto shrink-fit Teflon columns with 0.5 ml of UTEVA resin (TrisKem) (100 to 150 mesh). 

Column methods were taken from Andersen et al. (2015), however, it was found that using 10 to 

20 ml of 3 M HCl for U and Th separation resulted in poor Th elution, and additionally some U 

was lost during this stage (Fig. 1b), yielding final sample aliquots with Th/U ratios of ~ 0.1 to 0.9. 

The poor separation of Th affected all samples processed between September 2019 to March 2020. 

Thorium interferences at these levels (Th/U < 1) can be corrected for, but removal of Th is the 

preferred option. Therefore, a series of column calibrations were undertaken to achieve Th and U 

separation.  

 

A new batch of UTEVA resin was purchased from TrisKem and compared to an old stock from 

2014 available in the Bristol isotope group labs. It was found that both stocks of UTEVA resin 

behaved the same with 5 M HCl, providing good separation of Th and U (final sample aliquot 

Th/U < 0.005) compared to 3 M HCl. Therefore, differences in the properties of the resin between 

the old and new stock seem unlikely and it is unknown why the recipe from Andersen et al. (2015) 

using 3 M HCl no longer provided adequate Th-U separation. For all samples processed from July 

2020, the new column method using 5 M HCl to separate Th was used and consistently gave final 

Th/U ratios of ~ 0.001, the column recipe is outlined in table 1 and elution curves in figure 1c. 

Overall the chemical purification of U resulted in high U/element ratios (Table 2), with only low 
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amounts of zinc being in sample running solutions, potentially from nitrile / vinyl glove 

contamination (e.g., Garçon et al., 2017);  however, zinc is unlikely to have an effect on U isotope 

measurements given the large mass difference and lack of potential interferences. Collected U 

fractions from UTEVA columns were dried and fluxed overnight in a 1 ml 50:50 15.6 M HNO3: 

30 % Romil SpA H2O2 mixture to eliminate any organic material that may have leached off resin 

into samples. Samples were then dried and re-dissolved in a requisite amount of 0.2 M HCl to 

various U concentrations for analysis. 

 

 

Step Volume (ml) Reagent 

TRU resin column (1 ml resin volume) 

Clean resin 10 Milli-Q water 

Clean resin 10 0.3 M HF – 0.1 M HCl 

Clean resin 10 Milli-Q water 

Pre-condition resin 10 1.5 M HNO3 

Load sample 40 1.5 M HNO3 

Elute matrix 30 1.5 M HNO3 

Collect U 10 0.3 M HF – 0.1 M HCl 

UTEVA resin column (0.5 ml resin volume) 

Clean resin 5 Milli-Q water 

Clean resin 5 0.3 M HF – 0.1 M HCl 

Clean resin 5 Milli-Q water 

Pre-condition resin 5 3 M HNO3 

Load sample 5 3 M HNO3 

Elute matrix 10 3 M HNO3 

Elute Th 15 5 M HCl 

Collect U 6 0.3 M HF – 0.1 M HCl 

Table 1. Column methods used for chemical separation of  uranium from geological 

materials. 
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Fig. 1. Elution curves for chemical separation of  uranium from geological materials. 

The geological reference material BHVO2 (1000 mg) was used to calibrate columns. 

(a) TRU resin chemistry, elements that show a similar elution curve have been 

represented by a single curve (blue line) for simplification. (b) UTEVA resin 

chemistry showing the unsuccessful use of  3 M HCl to separate thorium and 

uranium. (c) UTEVA resin chemistry using 5 M HCl to separate thorium from uranium 

successfully.  
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Table 2.  Uranium / element ratios for sample VL01J194 before and after chemical 

separation of  U from matrix elements. 

 

 

 

 

 

 

 

 

VL01J194 

Element U/x before chemistry U/x after chemistry 

Na 0.00000269 660 

Mg 0.000000795 898 

Al 0.000000472 204 

Ca 0.000000485 126 

Ti 0.00000681 501085 

V 0.000138 22780 

Cr 0.000128 3029 

Mn 0.0000258 3368 

Fe 0.00000572 97 

Co 0.000896 2627 

Ni 0.000319 11536 

Cu 0.00052 730 

Zn 0.000515 553 

Zr 0.000902 824 

Nb 0.0541 10345 

Mo 0.08 1047 

Ta 0.267 13457 

W 0.0667 8344 

Th 0.307 225 
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2.2.3 Measurement of uranium isotopes 

 

Uranium isotope compositions were measured on a ThermoFinnigan Neptune MC-ICP-MS (serial 

no. 1002) at the Bristol isotope group in low mass resolution (M/ΔM ~ 2000, 5 to 95 % peak 

height definition) (Fig. 2a-b). Samples were introduced to the plasma using a ~ 40 ul min−1 micro-

concentric PFA nebuliser connected to a Cetac Aridus (1st generation) desolvating system. 

Nitrogen and argon flow rates were tuned at the start of each session for optimal sensitivity and 

stability. Nitrogen was used to supress oxide formation, which was monitored at the start of each 

session and was typically ~ 1 %, measured at mass 254.04 (238U16O) (Fig. 3a). A standard sample 

cone plus X-skimmer cone set up was used, with a jet sample cone plus X-skimmer cone method 

also set up for low U concentration samples, which gives enhanced sensitivity allowing for 

improved precision on low concentration samples (Bouman et al., 2014). Results obtained via both 

set ups are indistinguishable.  

 

Six isotopes are collected during measurements: 232Th, 233U, 234U, 235U, 236U and 238U. The faraday 

cup configuration is detailed in table 3, with most cups connected to feedback amplifiers with 

1011 Ω resistors, apart from 234U which was connected to a 1012 or 1013 Ω resistor (after they became 

commercially available) and 238U which was connected to a 1010 Ω resistor. Tails of U isotope peaks 

and hydride formation were monitored at the start of each session and used to apply corrections 

to measured intensities (Andersen et al., 2015). Intensities were measured at 237.05 for low-mass 

tailing and 239.05 for high-mass tailing and hydride formation, using the SEM (Fig. 3b-c). The 

relative intensity of both, measured at 237.05/238U and 239.05/238U were typically between 1 to 

4×10-6 and remained stable during sessions. Low-mass tailing contributions to 236U, 235U, 234U and 
233U were estimated and corrected for, from interpolation of a linear-log fit to mass versus tailing 

intensity (Hiess et al., 2012). Corrections for 232Th1H+ and high-mass tailing on 233U (assuming 

similar behaviour of Th and U) and other potential high-mass tail and hydride corrections on U 

isotopes were corrected for. Tailing and hydride corrections were mostly insignificant, especially 

due to chemical preparation providing good separation of Th and U (Th/U < 0.005). However, 

corrections can become important with poor Th and U separation, as shown by Th doping 

experiments. By monitoring 232Th, any additional Th in measured solutions can be accounted for 

and accurate U isotopic compositions can be determined.  

 

Before each session instrumental baselines were measured and amplifier gains intercalibrated. 

Measurements consisted of 80 s of solution uptake to allow the ion beams to stabilise, followed 
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by measurement of 80 cycles of 4.194 s integration time. Sample and standard measurements were 

preceded by 90 s of washing with 0.4 M HCl – 0.05 M HF, followed by two on-peak baseline 

measurement of separate reagent blanks for 20 cycles of 4.194 s integration time.  Each sample 

was preceded and followed by a measurement of the double-spiked (with a double spike 

proportion similar to samples) standard CRM-145. Precision on 238U/235U measurements was 

limited by the low abundance of 235U (~ 0.7 %), therefore sample concentrations tended to be 

maximised, and repeat measurements of the same sample aliquot were made where possible. 

Typical ion beam intensities varied and are listed in table 3. Sample and standard concentrations 

were generally matched to within 20 %. The concentration at which samples were run depended 

on three interplaying factors; 1) maximise the 235U intensity to at least over 1 pA; 2) ideally have 

repeat measurements and 3) dissolve samples in at least 0.5 ml 0.2 M HCl to ensure full recovery 

of sample from beakers. After every five standard measurements peaks were re-centred using 238U 

on cup H3 as a control. Given the variable running concentrations (~ 50 to 300 ng g–1) U 

consumption per measurement was generally between ~ 15 to 80 ng. The difference between 

running samples at higher intensity versus multiple times was investigated, as is discussed later. 

 

 

Table 3. Neptune MC-ICP-MS cup configuration and amplifier selection used for the 

measurement of  uranium isotopes, typical ranges of  intensity in pA are shown for 

each measured ions. 

 

 

 

 

 

 

 

 

 

Mass 232Th 233U 234U 235U 236U 238U 

Cup L2 L1 Axial H1 H2 H3 

Resistor (Ω) 1011 1011 1012 / 1013 1011 1011 1010 

Intensity (pA) < 0.2 0.6 to 30 0.001 to 0.03 0.1 to 7 0.6 to 30 200 to 1000 



Chapter 2: Methods 
 

 - 59 - 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 2. Peak scans of  measured uranium isotopes using CRM-145 centred on 234U. 

All other peaks have been scaled to be the same height as 238U. (a) A low 

concentration peak scan with a non-smooth 234U peak due to the low intensity of  

the 234U ion beam. (b) A high concentration peak scan, the mass resolution is 

determined based on the mass difference at 95 and 5 % the peak height of  the 234U 

beam.  

 
 

(b) 

(a) 
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Fig. 3. Mass scans of  oxide, tailing and hydride amount monitored at the start of  

each measuring session. (a) Oxide intensity measured at mass 254.04 using the 

centre cup. (b) High-mass tail and hydride of  the 238U ion beam measured at mass 

239.05 using the SEM, the hydride can be identified as an extra plateau on the 238U 

high-mass tail. (c) Low-mass tail of  the 238U ion beam measured at mass 237.05 

using the SEM. 

 

2.2.4 Uranium isotope data reduction 

 

Raw intensities for blanks, standards, and samples were reduced offline using Excel. Each 

measurement was corrected for solution blank and intensities re-calculated. High-mass hydride 

and tailing and low-mass tailing corrections were applied. The measured double spike isotope ratio 

of 233U/236U was used with the exponential mass fractionation law (Russell et al., 1978) to correct 

for mass fractionation of isotope ratios in samples and bracketing standards. Ratios were also 

corrected for the minute 238U, 235U and 234U contributions from the IRMM-3636 double spike 

(Condon et al., 2010). Corrected data could then be chosen to be rejected based on various 

parameters, such as falling outside of standard deviations or interquartile ranges of the mean or 

median respectively. However, as will be discussed later, no data rejection based on these methods 

was used.  

 

Ratios of 238U/235U and 234U/238U for samples are reported in ẟ notation as ẟ238U = 

[(238U/235USample / 238U/235UCRM-145) – 1] and ẟ234U = [(234U/238USample / 234U/238UCRM-145) × −0.0386], 

by normalising sample measurements to the average of bracketing CRM-145 analyses. This 

removes second order non-exponential mass bias effects from the analyses. Note that ẟ234U values 

are reported relative to secular equilibrium, where the CRM-145 standard has a ẟ234U of −38.6 ‰ 

relative to secular equilibrium (Cheng et al., 2013). 

 

2.2.5 Uranium isotope data correction 

 

As mentioned previously, ion beam intensities need to be corrected for the influence of 

overlapping tails and hydride interferences. There are several potential correction options that can 

be applied (Table 4), but only a handful of options are applied to avoid over-correction of the data. 

In general, the options that are applied are; a high-mass tail and hydride correction to one atomic 

mass unit up, and low mass tail corrections up to five atomic mass units down (233U ion beam 
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corrected for 238U low mass tail) where the ion beam corrected for is larger than the corrected ion 

beam (e.g., no correction on 233U for low-mass tail of 234U due to low 234U intensity). Ion beams 

were corrected by subtracting contributions from low-mass tail and high-mass tail and hydride 

calculated based on calibrations of the 238U ion beams tail decay. Potential corrections were 

calculated up to six atomic mass units away, assuming a power law function and similar behaviour 

of ion beams (Andersen et al., 2015). The most important correction applied to the data accounts 

for the interferences of 232Th1H+ on 233U, however due to chemical separation lowering Th/U to 

< 0.005, the correction is minimal. The effects of data correction have been investigated in two 

ways, 1) general impact of data correction options and 2) limit of hydride corrections using Th 

doping experiments with CRM-145. 

 

The general effect of data correction options was investigated using measurements of BHVO2 

between June to July 2021, measured at high and low intensity (238U > 800 pA and 238U < 300 pA). 

Table 5 lists the various forms of data correction used and the resulting ẟ238U and ẟ234U values. 

Overall, all forms of data correction, even applying no data correction, gives values that are within 

uncertainty of one another (Fig. 4), showing the minimal impact that tailing and hydride 

corrections have. In general, ẟ234U is more affected by data correction options, likely due to the 

small size of the 234U ion beam. Low-mass tailing corrections have the biggest effect on data, with 

high-mass tail & hydride corrections having minimal effect on ẟ238U, but a bigger effect on ẟ234U, 

again likely due to the low 234U intensity. The limits of data correction were investigated using Th-

doped aliquots of CRM-145. The U standard CRM-145 was doped to have Th/U ratios of 0.001, 

0.01, 0.1, 1 and 10 and measured for ẟ238U and ẟ234U and corrected using various options. Results 

of doping experiments are shown in figure 5a-b. Between Th/U of 0.001 to 0.1 the various data 

correction options have no distinguishable effect. For ẟ238U, Th has minimal impact on 

measurements, with only Th contents 10 × that of U shifting ẟ238U by ~ −0.3 ‰, and data 

correction options, such as applying a 232Th1H+ high mass tail and hydride correction on all other 

isotopes not being able to correct data. Measurements of ẟ234U are more sensitive to Th content, 

due to the potential of Th high-mass tails overlapping with the small 234U beam two atomic mass 

units away. At equal Th and U contents (Th/U = 1) ẟ234U is shifted by ~ 10 ‰, applying an extra 

correction on the 234U ion beam to account for the high-mass tail and hydride of 232Th can correct 

data. For samples in this thesis processed before March 2020, when column chemistry methods 

provided inadequate Th and U separation resulting in Th/U ratios between 0.1 and 1 the extra 
234U correction was applied. At Th/U of 10, ẟ234U values are shifted by ~ 150 ‰ and the extra 
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232Th correction on 234U does not adequately correct the data, with variability and uncertainties on 

the measurements also increasing at such high Th/U ratios.  

 

Table 4. Correction options that can be applied to measured ion beams during 

uranium isotope measurements. Only the options marked as “Yes” (green) are 

applied to data. Options marked as “No” (red) are seen as unnecessary due to their 

insignificant impact on data. Table is read from left to right, such that the first row 

indicates the ion beams that are corrected to account for the over lap of  the low 

mass tail of  238U. 

 

 

 

 

 

 

 

 

 

 

 

 

   Mass applying correction to 

   238 236 235 234 233 232 

Mass 

applying 

correction 

for 

Low 

mass 

tailing 

238  Yes Yes Yes Yes No 

236   Yes Yes No No 

235    Yes No No 

234     No No 

233      No 

High 

mass 

tailing + 

hydride 

236 No      

235 No Yes     

234 No No Yes    

233 No No No Yes   

232 No No No No Yes  
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Correction option BHVO2 

High intensity Low intensity 

ẟ238U 

(‰) 
2SE 

ẟ234U 

(‰) 
2SE 

ẟ238U 

(‰) 
2SE 

ẟ234U 

(‰) 
2SE 

Normal corrections 

A –0.303 0.021 0.3 0.6 –0.245 0.051 2.2 1.6 

B –0.298 0.021 0.3 0.6 –0.304 0.046 1.2 1.7 

C –0.289 0.018 0.7 0.7 –0.277 0.042 0.0 1.9 

Mean –0.296 0.008 0.4 0.3 –0.275 0.035 1.2 1.3 

No corrections 

A –0.301 0.021 0.4 0.6 –0.243 0.051 2.1 1.6 

B –0.296 0.021 0.4 0.5 –0.303 0.046 1.1 1.7 

C –0.287 0.018 0.8 0.7 –0.276 0.042 –0.1 1.9 

Mean –0.295 0.008 0.5 0.3 –0.274 0.035 1.0 1.2 

Low mass tailing 

corrections 

A –0.303 0.021 0.6 0.6 –0.244 0.051 2.3 1.6 

B –0.298 0.021 0.5 0.6 –0.304 0.046 1.3 1.7 

C –0.289 0.018 0.9 0.7 –0.277 0.042 0.1 1.9 

Mean –0.296 0.008 0.7 0.3 –0.275 0.035 1.2 1.3 

High mass tailing & 

hydride corrections 

A –0.302 0.021 0.2 0.6 –0.243 0.051 2.0 1.6 

B –0.296 0.021 0.2 0.6 –0.303 0.046 1.0 1.7 

C –0.287 0.018 0.6 0.7 –0.276 0.042 –0.2 1.9 

Mean –0.295 0.008 0.3 0.3 –0.274 0.035 0.9 1.2 

Low mass 238U tailing & 

High mass & hydride 
232Th corrections 

A –0.308 0.021 0.7 0.6 –0.247 0.051 2.3 1.6 

B –0.303 0.021 0.6 0.6 –0.307 0.046 1.3 1.7 

C –0.293 0.018 1.1 0.7 –0.280 0.042 0.2 1.9 

Mean –0.301 0.008 0.8 0.3 –0.278 0.035 1.3 1.3 

Low mass 238U tailing 

corrections 

A –0.308 0.021 0.7 0.6 –0.247 0.051 2.3 1.6 

B –0.302 0.021 0.6 0.6 –0.307 0.046 1.3 1.7 

C –0.293 0.018 1.1 0.7 –0.280 0.042 0.2 1.9 

Mean –0.301 0.008 0.8 0.3 –0.278 0.035 1.3 1.3 

Table 5.  Effects of  various forms of  data correction on three repeat measurements 

of  BHVO2 measured at a low and high concentration and the external mean of  the 

three repeats. No forms of  data correction give results that are distinguishable from 

other measurements, especially for the low concentration measurements. The 

different forms of  data correction have the most noticeable impact on ẟ234U due to 

the low intensity of  the 234U ion beam. 
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Fig. 4. Effects of  various forms of  data correction on repeat measurements of  BHVO2 

at a low and high intensity represented graphically with ± 2SE. Overall the effects 

of  data correction are negligible, especially for low intensity measurements where 

the internal and external errors mask any differences from the differences in data 

correction. (a) BHVO2 high intensity (238U > 800 pA) ẟ238U. (b) BHVO2 high 

intensity (238U > 800 pA) ẟ234U. (c) BHVO2 low intensity (238U < 300 pA) ẟ238U. 

(d) BHVO2 low intensity (238U < 300 pA) ẟ234U. 
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Fig. 5. Uranium isotope measurements of  the CRM-145 standard at various Th/U 

ratios, with various methods of  post analysis correction methods. Only correction 

methods that have a distinguishable effect are shown. The black dashed lines 

represent the region of  acceptable drift in the ẟ238U and ẟ234U of  the standard. (a) 

ẟ238U measurements showing that only at Th/U ratios of  10 does the excess Th start 

to impact the measurement. Applying high mass tail and hydride corrections on all 

U isotopes to account for the large 232Th beam cannot correct the data, and likely 

over corrects measurements. Given these results and that most mafic rocks have 

Th/U <5 and that column chemistry provides good Th/U separation any Th present 

(a) 

(b) 

± 2SE 

± 2SE 
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in samples during measurements has insignificant impact on ẟ238U. (b) ẟ234U 

measurements showing that at Th/U of  1 standard data correction options for the 

high mass tail and hydride of  232Th on 233U is unable to correct measurements. 

Applying an extra correction on the 234U beam to account for the large high mass 

tail and hydride of  232Th can successfully correct measurements. At Th/U ratios ~ 

10 ẟ234U measurements are shifted to more extreme deviations and errors increase 

significantly, with extra data correction achieving poor results. 

 

2.2.6 Uranium isotope data rejection 

 

During the processing of MC-ICP-MS data, data can be rejected based on a cycle-by-cycle basis 

using common statistical methods. The two forms of data rejection investigated in this work are 

rejection based on data falling outside one, two or three times the standard deviation of the mean 

or data falling outside one, two or three times the interquartile range of the median. Results are 

depicted in table 6 and figures 6a-d for three repeat measurements of BHVO2 measured at a high 

and low intensity (238U > 800 pA and 238U < 300 pA). Rejection of data based on the interquartile 

range is a preferred option due to data outliers having less of an impact on the median than on the 

mean. Although some data rejection can result in lower uncertainties on measurements, given the 

general normal distribution of data (Fig. 7a-d) no data rejection was opted for, as this would be 

removing usable data. The effects of data rejection are minimal in that while they can make internal 

and external uncertainties lower in some cases, all options give results within uncertainty of one 

another, hence no data rejection options were opted for. Data rejection has a bigger impact on 

data measured at a lower intensity and on ẟ234U measurements, due to the variability in data being 

larger at lower U concentrations, visible as wider data distribution curves in figure 7 and due to 

the low intensity and greater variability in the 234U ion beam. 
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Data 

rejection 

option 

BHVO2 

High intensity  Low intensity 

ẟ238U 

(‰) 
2SE N 

ẟ234U 

(‰) 
2SE 

ẟ238U 

(‰) 
2SE N 

ẟ234U 

(‰) 
2SE 

None 

A –0.303 0.021 80 0.3 0.578 –0.245 0.051 80 2.2 1.6 

B –0.298 0.021 80 0.3 0.554 –0.304 0.046 80 1.2 1.7 

C –0.289 0.018 80 0.7 0.657 –0.277 0.042 80 0.0 1.9 

Mean –0.296 0.008  0.4 0.259 –0.275 0.035  1.2 1.3 

1SD 

A –0.319 0.014 54 0.5 0.413 –0.246 0.031 55 1.9 1.0 

B –0.305 0.014 54 0.2 0.326 –0.316 0.028 58 2.4 1.1 

C –0.292 0.011 52 1.0 0.441 –0.288 0.028 55 1.4 1.3 

Mean –0.306 0.015  0.6 0.461 –0.283 0.041  1.9 0.6 

2SD 

A –0.310 0.019 75 0.4 0.542 –0.239 0.047 76 1.4 1.2 

B –0.296 0.020 79 0.3 0.501 –0.286 0.038 76 2.0 1.4 

C –0.287 0.016 77 0.7 0.572 –0.275 0.039 77 0.5 1.7 

Mean –0.298 0.014  0.5 0.214 –0.266 0.029  1.3 0.9 

3SD 

A –0.303 0.021 80 0.3 0.578 –0.240 0.051 80 2.2 1.4 

B –0.298 0.021 80 0.2 0.554 –0.304 0.046 80 1.5 1.5 

C –0.292 0.017 80 0.7 0.657 –0.272 0.042 80 0.1 1.9 

Mean –0.298 0.006  0.4 0.281 –0.272 0.037  1.2 1.3 

1IQR 

A –0.322 0.017 66 0.8 0.487 –0.245 0.035 61 1.6 1.0 

B –0.305 0.017 65 0.2 0.373 –0.320 0.031 64 2.9 1.2 

C –0.276 0.013 63 1.1 0.481 –0.294 0.031 62 1.9 1.5 

Mean –0.301 0.026  0.7 0.523 –0.286 0.044  2.1 0.8 

2IQR 

A –0.303 0.021 80 0.3 0.578 –0.240 0.051 80 1.5 1.2 

B –0.298 0.021 80 0.3 0.554 –0.292 0.044 79 1.6 1.5 

C –0.292 0.017 79 0.7 0.636 –0.280 0.041 79 0.4 1.9 

Mean –0.298 0.006  0.4 0.231 –0.271 0.032  1.2 0.8 

3IQR 

A –0.303 0.021 80 0.3 0.578 –0.245 0.051 80 2.1 1.6 

B –0.298 0.021 80 0.3 0.554 –0.304 0.046 80 1.4 1.7 

C –0.289 0.018 80 0.7 0.657 –0.268 0.042 80 0.2 1.9 

Mean –0.296 0.008  0.4 0.259 –0.272 0.035  1.2 1.1 

Table 6.  Repeat measurements of  BHVO2 measured at a high and low intensity (> 

800 pA and < 300 pA 238U ion beam) processed with different forms of  data 
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rejection to show the impact on internal and external errors on ẟ238U and ẟ234U. 

Overall the different forms of  data rejection have minimal impacts as all external 

means are within uncertainty. Data rejection options have a slightly bigger impact 

on data measured at a lower intensity due to the larger variability in the data. 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 6. Effects of  various forms of  data rejection on ẟ238U and ẟ234U for BHVO2 

measured at a high and low intensity. Different rejection options all have external 

means that are indistinguishable from each other. (a) BHVO2 high intensity (238U > 

800 pA) ẟ238U. (b) BHVO2 high intensity (238U > 800 pA) ẟ234U. (c) BHVO2 low 

intensity (238U < 300 pA) ẟ238U. (d) BHVO2 low intensity (238U < 300 pA) ẟ234U. 

 

 

 

 

 

 

 

 

(d) (c) 

(b) (a) 



Chapter 2: Methods 
 

 - 70 - 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 7. Data distribution curves of  non-externally normalised ẟ238U and ẟ234U for an 

individual measurement of  BHVO2 at a high and low intensity., with the mean, 

median, standard deviations and interquartile ranges marked. Mean and medians of  

data are indistinguishable. The distribution of  data is mostly normal, with most falling 

within two standard deviations or interquartile ranges of  the mean and median 

respectively. (a) BHVO2 high intensity (238U > 800 pA) ẟ238U. (b) BHVO2 high 

intensity (238U > 800 pA) ẟ234U. (c) BHVO2 low intensity (238U < 300 pA) ẟ238U. 

(d) BHVO2 low intensity (238U < 300 pA) ẟ234U. 
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2.2.7 Uranium blanks 

 

On-peak blank measurements were made before each sample or standard and were on average, 

across the whole period of measurement, 0.03 %, measured as the 238U blank signal compared to 

the 238U sample or standard intensity. Typical blank intensities are presented in table 7. Procedural 

blanks were measured to determine U contamination that could occur throughout the whole 

process of sample dissolution, column chemistry and measuring. Over the course of this thesis 5 

procedural blanks were measured for U and blank levels ranged from 2 to 33 pg, insignificant 

compared to the amount of U consumed per measurement, ~ 15 – 80 ng. The impact of U 

contamination on samples was investigated using simple mixing lines between BHVO2 and blank 

assuming various isotopic compositions such as natural U, depleted, enriched and weapons grade 

U (235U 0.3 %, 15 % and 85 % abundance respectively) (Fig. 8). Given the small U blank levels, 

even extreme values of ẟ238U for the blank has minimal effect on measurements, especially when 

the uncertainty on measurements is taken into consideration. Only extremely fractionated ẟ238U 

values (ẟ238U > 106) would have a noticeable impact on data at typical blank levels.  

 

 

 

 

 

 

 

 

Table 7.  Uranium blank concentrations from potential sources of  contamination. The 

procedural blank is the U blank accumulated across sample dissolution, column 

chemistry and data measuring. The value reported for the procedural blank is the 

average of  all procedural blanks measured across the course of  U isotope 

measurements. The online blank is subtracted from samples based on a 

measurement of  reagent blank prior to sample measurements. The total U blank is 

insignificant compared to typical U amounts measured, with blanks only being ~ 0.2 

% for the lowest typical U measurement at about 20 ng U per measurement. 

 

 

 

Blank source U blank concentration (pg) 

Procedural blank 12 

Online blank* 6 

W double spike 12 

Mo double spike 1 

Total blank 31 
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(b) 

(c) 

± 2SE high intensity 

± 2SE low intensity 

Depleted uranium - ẟ238U = 1410.7 
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Fig. 8. Blank sample mixing lines for ẟ238U between BHVO2 and blanks with various 

ẟ238U compositions from natural U to extreme fractionations. (a) Mixing line where 

blank has a natural ẟ238U composition, showing that blank contamination is 

insignificant given then typical blank is only at most ~ 0.2 %. (b) Mixing lines for 

various ẟ238U endmembers showing that only extreme values of  ẟ238U (= 106 and 

107) could impact measurements when errors on measurements are taken into 

consideration given a blank % of  ~ 0.2 %. (c) Mixing lines highlighting potential U 

contamination sources of  depleted U, enriched U and weapons grade U. 

Contamination with these sources would have negligible impact on measurements at 

typical blank % levels.  

 

2.2.8 Assessment of a 1013 Ω resistor  

 

In February 2021 a 1013 Ω resistor was installed on the Neptune MC-ICP-MS used for the 

measurement of U isotopes. The higher Ω resistor allows for improved signal to noise ratios for 

low intensity beams (< 0.1 pA) (Bouman et al., 2015). The low abundance 234U isotope (0.005 %) 

has a typical ion beam intensity on a faraday cup of ~ 0.05 pA, thus a 1013 Ω resistor offers great 

potential to improve the precision of ẟ234U measurements. Comparisons of data gathered under 

the same conditions except for the resistor on 234U (1012 or 1013) shows that the 1013 Ω resistors 

gives reproducible results (Fig. 9) and has a significant improvement in the internal two standard 

error uncertainty of measurements, especially at low intensities (Fig. 10). The Neptune machine 

software is unable to gain calibrate the 1013 Ω resistor and therefore an inaccurate 234U amount is 

detected. This was noticeable as a shift in raw 234U/238U ratios, from ~ 5.281×10−5 prior to their 

installation versus ~ 5.132×10−5 post installation. Due to additive corrections made in data 

processing, such as correcting for natural U in the double spike added to samples and standard, 

externally normalised data are not gain independent. Therefore, it is necessary to apply a gain 

correction to data collected with the amplifier connected to the 1013 Ω resistor. Prior to the 

installation of the 1013 Ω resistor un-externally bracketed but internally normalised to secular 

equilibrium ẟ234U values for the CRM-145 standard were close (−36.8 ‰ ± 4.7 2SD) to the 

reference value (−38.6 ‰) (Cheng et al., 2013). Therefore, the gain correction applied was 

calculated by monitoring un-bracketed normalised to secular equilibrium ẟ234U values for CRM-

145 and multiplying 234U intensities by a constant ~ 1.026. This gain correction changed CRM-145 
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un-bracketed normalised to secular equilibrium ẟ234U values from ~ −65 ‰ post 1013 Ω resistor 

installation to −38.0 ‰ ± 3.3 2SD.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 9. Uranium isotope standard CRM-145 ẟ234U data from 1013 Ω resistor testing 

session. Measurements are in order of  increasing 234U intensity from left to right and 

show good reproducibility and lower variability at increasing intensity. The red line 

represents the certificate value of  CRM-145 and black dashed lines the range from 

Cheng et al., (2013). 
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Fig. 10. Comparison between CRM-145 ẟ234U measurements using a 1012 and 1013 

Ω resistor on the amplifier connected to the faraday cup that collects the 234U ion 

beam. The internal two standard error on ẟ234U measured at various 234U intensities 

fitted with a power law relationship shows that the 1013 Ω resistor data is more 

precise than the 1012 Ω resistor data, especially at low < 3 mV 234U intensities. The 

benefits of  the 1013 drop off  quickly at higher intensity measurements. 
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2.2.9 Theoretical limits on uncertainty of ẟ238U and ẟ234U measurements  

 

The uncertainty of isotope ratio measurements made by MC-ICP-MS are fundamentally limited 

by sources of noise within the mass spectrometer. The main sources of noise are the Johnson-

Nyquist noise, VJ, which is the thermal noise on ion detectors and the shot noise, VS, which is 

related to the random arrival of ions to the detector (Fig. 11). Johnson-Nyquist noise can be 

defined as: 

 

𝑉! =	$
4𝑘𝑅𝑇
𝑡  

 

where k is Boltzmann constant, 1.38x10−23 JK−1, R is the resistance of amplifier connected to 

faraday cup in Ω, T is the temperature of amplifier housing, 300 K, and t is the total measurement 

time in s. Shot noise can be defined as: 

 

𝑉" = $𝑒𝑉𝑅
𝑡  

 

where e is the charge of an ion, 1.6x10−19 C, V is the voltage, R the resistance of the amplifier and 

t the measurement time. 

 

Johnson-Nyquist noise is constant and does not vary with the size of the ion beam, but it does 

change with the resistance of the amplifier, while shot noise scales with beam intensity (Fig. 12a-

b). A higher Ω resistor results in a larger voltage, and thus more noise, however the ion beam 

signal scales with V = IR, while the noise scales as √𝑅, thus the signal to noise ratio is improved 

with a higher Ω resistor. For a 1011 Ω resistor shot noise becomes dominant over Johnson-Nyquist 

noise at ~ 1.1 pA (and a factor of 10 higher or lower for lower or higher Ω resistors respectively 

(Fig. 13)). The relative scaling of noise and signal with resistor shows how for low intensity ion 

beams, a larger Ω resistor can result in an improved signal to noise ratio and thus more precise 

measurements with the improvement dropping off as beam intensity is increased (Fig. 14).  
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The total noise contribution can be calculated by combining the Johnson-Nyquist and shot noise 

in quadrature to give an absolute standard error of measurements, RSD: 

 

𝑅𝑆𝐷 = 	.
𝑒
𝑡𝐼 + 4𝑘𝑇(𝐼

#𝑅𝑡) 

 

where I is the current. The total noise calculation can be used to form a Monte Carlo uncertainty 

error model on measurements. Here we run a model for the measurement of 238U/235U and 
234U/238U using the 233U − 236U double spike, that assumes perfect stability of the ion source and 

uses parameters in table 7. Ion beam intensities for all isotopes, 233U-238U, are calculated and varied 

by the inverse of a normal cumulative distribution using a random probability between 0 to 1, a 

mean intensity set as the value of a perfectly stable beam and a standard deviation calculated 

according to the absolute total noise. Data are then processed using the exponential mass bias law 

and 238U/235U and 234U/238U ratios calculated. The Monte Carlo model is run for 1000 iterations 

and results analysed. Figure 15 shows a typical model output and the variation for a sample with a 
238U/235U and 234U/238U ratio of 137.88 and 5.03657x10−5 ran at an intensity of 100 ng g–1 U.  

 

Given that the difference between normal mid-ocean ridge basalt and ocean island basalt in ẟ238U 

is ~ 0.04 ‰ (Andersen et al., 2015), the above method was used to investigate running conditions 

that can distinguish outside of uncertainty a 0.04 ‰ difference in ẟ238U and a 0.5 ‰ difference in 

ẟ234U. Models were ran for samples with these offsets and investigated at high U and low U 

concentration and also for repeating measurements 3 and 5 times and including the external two 

standard error on the measurement. Details of the models ran are listed in table 8. Results from 

models are presented in figures 16 and as histograms in figure 17. Figure 16a-c shows the results 

of measuring a sample at a U concentration of 300 ng g–1 for 1, 3 and 5 times and figure 16d-f at 

a U concentration of 100 ng g–1. In both cases having repeat measurements improves the ability 

to distinguish samples. However, the bigger improvement in distinguishing samples comes from 

measuring at a higher concentration, with little overlap between sample populations at 1 

measurement at 300 ng g–1 U. All model runs end with samples having the same means, but their 

distributions are much narrower at higher concentrations or more repeat measurements (Fig. 17). 

These results show, that based purely on counting statistic considerations comparatively better 

data can be achieved by measuring U samples at higher concentrations rather than repeat 

measurements. This is due to heavily asymmetric distribution of U isotope abundances, with 238U 

accounting for 99.274 % of U and 235U and 234U making up only 0.720 and 0.005 % respectively. 
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Therefore, maximising concentrations increases intensity on the 235U and 234U ion beams. Samples 

analysed during this thesis were ran at high as possible concentrations, taking into account practical 

considerations, such as having enough sample solution to measure and having at least one repeat. 

This results in samples being analysed at various concentrations, which can make defining a long-

term reproducibility difficult. To determine the uncertainty of unknown samples, measurements 

were made of reference materials at a range of intensities to define how uncertainty on 

measurements scales with the intensity of measurements. The uncertainty model, based on a power 

law fit to this relationship, can also be used to calculate a theoretical limit on precision by averaging 

1000 runs, which for increasing the U concentration to a maximum signal of 5000 pA on 238U 

approaches ± 12 ppm for 238U/235U measurements (Fig. 18a-b), in agreement with other studies 

(e.g., Kipp et al., 2022). The improvement in the uncertainty of 238U/235U drops off quickly with 

increasing signal size and little benefit is seen from measurements above 2000 pA 238U.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 11. Noise contributions to a faraday cup ion detector using a 1011 Ω resistor 

and conditions listed in table 7. Johnson-Nyquist noise is constant and shot noise 

increases as ion beam intensity increases.  
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Fig. 12. Absolute noise on faraday cup ion detectors as a function of  ion beam 

intensity (current pA). (a) pA and (b) mV for a range of  different Ω resistors. 

Absolute noise increases as ion beam intensity increases. 

 

(a) 

(b) 
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Fig. 13. Contribution of  Johnson-Nyquist noise to the total noise as a function of  

ion beam intensity for a range for a range of  different Ω resistors. Shot noise 

becomes the dominant source of  noise at 0.01, 0.1, 1 and 10 pA on a 1013, 1012, 

1011 and 1010 Ω resistors respectively. 
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Fig. 14. The signal to noise ratio as a function of  ion beam intensity for a range of  

different Ω resistors. Higher Ω resistors offer a higher signal to noise ratio at low 

intensities, with the improvement decreasing as intensity increases. 

 
Constant / Variable Value Units 

Amplifier temperature 300 K 

Boltzmann constant 1.38x10−23 JK−1 

Electronic charge 1.60x10−19 C 

Integration time 4.196 s 

Cycles 80  

Total measurement time 335.52 s 

High [U] 300 ng g–1 

Low [U] 100 ng g–1 

 233U 234U 235U 236U 238U 

Mass 233.0396 234.0439 235.0439 236.0456 238.0508 
238U/x 24.5325 19854.8 137.8800 25 / 
238U/x offset 24.5325 19864.7 137.8855 25 / 

R (Ω) 1011 1013 1011 1011 1010 

pA high [U] - - - - 1000 

pA low [U] - - - - 300 

Table 8. Constants and variables used in the Monte Car lo models of  theoretical 

uncertainty. Isotope values and setup used in the Monte Car lo models of  theoretical 

uncertainty, offset isotope ratios are calculated as a 0.04 % offset in 238U/235U and 

0.5 % offset in 234U/238U. Currents left empty are calculated from the 238U intensity 

and 238U/x ratios. 
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Fig. 15. Results from 1000 Monte Car lo simulations of  the variation in 238U/235U and 
234U/238U due to noise contributions for a theoretical sample ran at a concentration 

of  100 ng g–1 U.   
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Fig. 16. Results of  1000 Monte Car lo simulations of  theoretical samples with a 0.04 

‰ offset in 238U/235U and 0.5 ‰ offset in 234U/238U for samples ran at (a) 300ng 

g–1 x1, (b) 300 ng g–1 x3, (c) 300 ng g–1 x5, (d) 100 ng g–1 x1, (e) 100 ng g–1 

x3, (f) 100 ng g–1 x5. The results show that sample populations are more resolvable 

when running samples at higher concentrations, and to a lesser extent, by increasing 

the number of  repeats. 
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Fig. 17. Histograms of  data presented in figure 16, showing the mean of  

measurements are all the same for different conditions but that there is significant 

over lap in sample populations at low intensity measurements. This over lap decreases 

as intensity increases or more repeat measurements are made. (a) 300 ng g–1 x1 
238U/235U, (b) 300 ng g–1 x3 238U/235U, (c) 300 ng g–1 x5 238U/235U, (d) 100 ng g–

(a) (b) (c) 

(d) (e) (f) 

(g) (h) (i) 

(j) (k) (l) 
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1 x1 238U/235U, (e) 100 ng g–1 x3 238U/235U, (f) 100 ng g–1 x5 238U/235U, (g) 300 

ng g–1 x1 234U/238U, (h) 300 ng g–1 x3 234U/238U, (i) 300 ng g–1 x5 234U/238U, (j) 

100 ng g–1 x1 234U/238U, (k) 100 ng g–1 x3 234U/238U, (l) 100 ng g–1 x5 234U/238U.   

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 18. Theoretical limit of  uncertainty on 238U/235U measurements measured as ± 

2SE as a function of  238U intensity, fitted to a power law relationship. The 

improvement in uncertainty levels off  relatively quickly after 200 V of  238U. (a) Whole 

range, (b) zoomed in range.  

(a) 

(b) 
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2.2.10 Uranium standard measurements 

 

Mean measurements of the absolute 238U/235U ratio of the standard CRM-145 over the whole 

period of work were within ± 0.025 of the reference value, 137.829, and 234U/238U was within 

± ~ 1×10-6 of the certificate value, 5.2841×10−5 (Fig. 19a-b). Prior to November 2020 a loose 

connection resulted in the voltage to the secondary electron suppression electrodes on the Faraday 

cups being pulled down from 200 V when the distance between cups L3 and L2 was < 15 mm. 

This resulted in large offsets in measurements of isotope ratios, as can be seen by the low 238U/235U 

measurements of CRM-145 near the start of the analysis period (Fig. 19a). The offset is not 

distinguishable in 234U/238U due to the larger uncertainty on 234U/238U measurements. Due to 

standard-sample bracketing however, these offsets can be accounted for, i.e., standard and samples 

are offset by the same amount, so relative differences remain the same. However, any averages of 

raw ratios are calculated from data collected after October 2020. Drift in measurements of the 

CRM-145 standard was monitored by normalising 238U/235U and 234U/238U to reference values, 

137.829 (Hiess et al., 2012) and 5.4891× 10−5 , secular equilibrium, (Cheng et al., 2013) respectively 

and presented in standard ẟ notation. Measurements of ẟ238U were typically between 0.15 and 

−0.15 ‰. Drift in ẟ238U and ẟ234U over long analytical sessions (~ 14 hours) was typically < 0.1 

‰ and < 1 ‰ respectively. Change in ẟ238U and ẟ234U was gradual and small in the fractionation 

coefficient (mass bias) (β), the deviation of a measured isotope ratio from the true value due to 

mass discrimination in the mass spectrometer, with no correlation between ẟ238U or ẟ234U and β 

seen (Fig. 20a-e). Variability in ẟ238U and ẟ234U was greater at lower U concentrations, but 

successive measurements were generally within error of one another (Fig. 21a-c). Peaks were re-

centred every fourth measurement of CRM-145, using 238U on H3 as a control cup (approximately 

every hour). Over a 15-hour sequence (Fig. 21) average peak drift was 0.006 atomic mass units 

(amu) with a maximum of 0.021 amu and minimum of 0.0002 amu (a mass tolerance of 0.026005 

amu was the limit of a successful peak centre).  
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Fig. 19. Long term measurements of  CRM-145 collected between November 2019 

and January 2023. Errors on individual measurements are internal 2SE. (a) Internally 

normalised 238U/235U ratios, dashed black lines represent the total range of  reported 

values from Cheng et al., (2013), the red solid line is the certificate value of  the 

standard and the blue solid line is the chosen reference value that data can be 

normalised to. The solid green line and shaded green region represent the long term 

mean and two standard error. (b) Internally normalised 234U/238U ratios for CRM-

145, dashed black lines represent the range of  reported values from Cheng et al., 

(2013). The solid red line is the certificate value for CRM-145 which agrees well 

with the mean of  measurements from this work. 

(a) 

(b) 
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Fig. 20. Measurements of  internally normalised CRM-145 and relative to a reference 

value over a 14-hour analytical session, errors are internal two standard error. (a) 

ẟ238U measurements drift ~ 0.1 % over the session, however measurements are 

typically within error of  previous measurements. (b) ẟ234U measurements are more 

variable due to low intensity of  the 234U ion beam but are again mostly within error 

of  previous measurements. (c) Mass bias (fractionation coefficient), β, over the 

analytical session shows a gradual change. (d) Mass bias vs. ẟ238U and (e) Mass 

bias vs. ẟ234U, both show no correlation.    

(e) 

(d) 
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Fig. 21. Drift in internally normalised and relative to a reference value of  CRM-145 

over a 15-hour analytical session and mass bias variation at varying intensities. (a) 

ẟ238U, (b) ẟ234U, (c) Mass bias, β. Lower intensity measurements show greater 

variability. Peak drifting was monitored over the session and on average peaks drifted 

0.006 amu between peak centres.  

 

2.2.11 Jet sample cone measurements 

 

As mentioned previously for low U concentration measurements a jet sample cone and X-skimmer 

cone set up was used for enhanced sensitivity and thus better precision for sample limited 

measurements. Jet sample cones provided 1.5 to 2 x sensitivity and data obtained are identical to 

measurements with a normal sample cone. Drift in ẟ238U and ẟ234U over long analytical sessions 

measuring CRM-145 (~ 12-hour sequence) was gradual and similar to drift with a normal sample 

cone, ~ 0.1 ‰ and ~ 1 ‰ respectively (Fig. 22a-b). Drift of the fractionation coefficient (β) (mass 

bias) however with a jet sample cone tended to be greater than with a normal sample cone, for 

example β varied by 0.1 over a 12-hour sequence analytical session (Fig. 22c), versus a variation of 

0.03 over a 14-hour analytical session with a normal sample cone. There is also no co-variation 

with β and ẟ238U or ẟ234U (Fig. 22d-e). While β may vary more with a jet sample cone, the change 

is gradual and data obtained is identical to that with a normal sample cone, with repeat 

measurements of BHVO2 using either method within uncertainty of each other (Fig. 24f-g). 

Therefore, the jet cone offered improved analytical precision for low U concentration samples and 

was used for measurements of some particularity low U concentration samples. A jet sample cone 

was not used for every sample and particularly not for precious one-time measurement samples 

due to larger variation in β increasing the potential of anomalous measurements.  
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(f) 
 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 22. Measurements using a jet sample cone of  internally normalised CRM-145 

and relative to a reference value over a 12-hour analytical session, errors are internal 

two standard error. (a) ẟ238U measurements drift 0.02 ‰ over the session, however 

measurements are typically within error of  previous measurements. (b) ẟ234U 

measurements are more variable due to low intensity of  the 234U ion beam but are 

again mostly within error of  previous measurements. (c) Fractionation coefficient 

(mass bias), β, over the analytical session shows a gradual but large change 

compared to a normal sample cone. (d) Mass bias vs. ẟ238U and (e) Mass bias vs. 

ẟ234U, both show no correlation. (f) BHVO2 ẟ238U and (g) BHVO2 ẟ234U on a jet vs. 

normal sample cone, both setups give measurements that are within analytical 

uncertainty.     

(g) 
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2.2.12 Reference material measurements 

 

Long term external reproducibility at various intensities has been estimated using splits of the well 

characterised reference material BHVO2 (20 samples individually processed), measured during 

different analytical sessions (Fig 23a-c). The external reproducibility of ẟ238U and ẟ234U for BHVO2 

at various intensities (238U = 200 to 1000 pA) ranges from 90 to 20 ppm 2 SD and 4 to 0.9 ‰ 2 SD 

respectively. Similar, or better external reproducibility was achieved for a range of other reference 

and in house reference materials (W2A, LP45d, IT3a, Uraninite, BIR). Measurements of reference 

materials agree well with values reported in Andersen et al., (2015), e.g., BHVO2 this work ẟ238U 

−0.304 ‰ ± 0.008 ‰ 2SE, Andersen et al. (2015) ẟ238U −0.314 ‰ ± 0.006 ‰ 2SE. Full data for 

reference materials is presented in table 9. To check the quantitative recovery of U from UTEVA 

chemistry, two samples of reference material CZ1 were processed through UTEVA chemistry, 

with one sample being spiked with the 233U − 236U double spike before column chemistry and the 

other sample spiked post chemistry. Data are within uncertainty of one another, spiked before 

chemistry, ẟ238U = −0.038 ± 0.017 2SE, ẟ234U = −0.1 ± 0.3 2SE N = 13, spiked post chemistry, 

ẟ238U = −0.048 ± 0.022 2SE, ẟ234U = −0.3 ± 0.5 2SE N = 12, showing that recovery of U from 

chemistry is close to quantitative at least such that any lost U is minor enough to not impact data 

outside of uncertainty.  

 

Measurements of reference materials over the whole course of this PhD revealed systematic 

changes, particularly in ẟ234U, that coincides with external changes to the ThermoFinnigan 

Neptune MC-ICP-MS (serial no. 1002) that data was collected on. As mentioned previously, 

between 25/11/19 to 12/11/20, a loose wire inside the Faraday cup housing resulted in a faulty 

secondary electron suppressor. Internal inaccurate measurements due to this should bracket out 

due to external normalisation, which for ẟ238U seemed to be the case, however small changes in 

ẟ234U can be seen in measurements of BHVO2, table 10, where measurements pre fixing the 

suppressor are slightly lower, as would be expected, where the faulty suppressor results in more 

electrons, which have a negative charge, hitting detectors, resulting in less 234U being detected and 

thus lower ẟ234U values. However as average measurements are within two standard deviations of 

one another the full data set of measurements was utilised. 
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Fig. 23. BHVO2 U isotopic composition with the internal 2SE measured between 

November 2019 and January 2023, data is separated in separate dissolutions of  

BHVO2. Grey shaded region represents the mean ± 2SE. (a) ẟ238U, (b) ẟ234U.  
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Table 9.  List of  reference materials used to check reproducibility, precision, and 

accuracy during analytical sessions. Data in italics are from Andersen et al. (2015). 

+ Concentrations of  U determined from double spiking. N.M is the number of  

individual measurements and N.S is the number of  individual samples dissolved and 

processed through column chromatography. 2SE is calculated on the external mean. 

 

 Sample BHVO2 

Date Note ẟ234U (‰) ± 2SD ẟ238U (‰) ± 2SD N 

25/11/19 – 12/11/20 Pre SES fix −1.0 ± 3.6 −0.312 ± 0.098 45 

> 12/11/20 Post SES fix 0.4 ± 1.7 −0.299 ± 0.077 78 

All All −0.1 ± 2.8 −0.304 ± 0.086 123 

Table 10.  Difference in the ẟ234U of  BHVO2 measured before and after the fix of  

the secondary electron suppressor on the Neptune data was collected on.  

 

 

Sample 
ẟ238U  

(‰) 
2 SD 2 SE 

ẟ234U  

(‰) 
2 SD 2 SE [U] ppb+ N.M N.S 

BHVO2 
−0.304 0.086 0.008 −0.1 2.8 0.3 423 123 20 

−0.314  0.006 0.9  0.6 386 16 8 

LP45d 
−0.319 0.112 0.012 −0.2 2.7 0.3 2356 83 3 

−0.300  0.007 −0.3  2.0 2119 5 2 

Uraninite −0.548 0.093 0.013 −1.5 4.8 0.7 11985 51 3 

W2A −0.287 0.059 0.011 2.1 1.0 0.2 500 30 5 

BCR2 
−0.255 0.054 0.010 0.6 1.2 0.2 1687 27 4 

−0.297  0.020 1.1  1.0 1671 1 1 

GUG11 
−0.460 0.056 0.018 0.3 2.8 0.9 185 10 2 

−0.419  0.030 −0.4  2.0 143 1 1 

IT3a 
−0.292 0.107 0.022 0.1 2.7 0.6 70 24 9 

−0.296  0.014 −0.3  1.0 62 3 1 

BIR 
−0.266 0.217 0.109 −6.0 21.3 10.7 8 4 2 

−0.285  0.020 −0.6  1.0 8 1 1 

CZ1 
-0.048 0.067 0.012 -0.2 1.2 0.2 7995 30 3 

-0.053  0.008 0.1  0.7  15 2 
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2.2.13 External uncertainty curves 

 

The external reproducibility of unknown samples has been determined from the long-term 

external reproducibility of BHVO2. As samples were measured at varying intensities (~ 238U = 200 

to 1000 pA) depending on the U concentration, BHVO2 was also ran at varying intensities. Repeat 

measurements of BHVO2 were then used to construct error curves using the two standard 

deviations of measurements in ranges of intensities. A power law was fit to the data for ẟ238U and 

ẟ234U at the different intensities and used to approximate errors for unknown samples. This 

relationship was then used for samples of a given concentration to calculate a two standard 

deviation and two standard error. The final uncertainty curves for BHVO2 are shown in figures 

24a-b. 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 24. Error curves for BHVO2 constructed using the external two standard 

deviation of  repeat measurements of  BHVO2 at various intensity brackets, 20 to 30 

V, 30 to 40 V, 40 to 50 V, 50 to 60 V, 70 to 80 V and > 80 V. A power law 

relationship is fit through the external two standard deviations. The relationship of  

the defined by the power law is then applied to approximate errors for unknown 

samples. (a) Error curve for ẟ238U measurements, (b) Error curve for ẟ234U 

measurements.   

(a) 

(b) 
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2.3 Molybdenum isotope analysis methods 
 

2.3.1 Chemical purification of molybdenum 

 

Molybdenum isotopic analysis was conducted on purified solutions collected after ion-exchange 

chromatography using the double spike technique. Sample digestion was the same as detailed in 

uranium digestion methods. An in-house made 97Mo-100Mo double spike with 97Mo/95Mo ratio of 

47.58 and 100Mo/95Mo ratio of 58.32 was added to fully digested samples. The double spike was 

added to samples according to their Mo concentration aiming for a natural Mo to double spike 

Mo proportion of 0.5. Sample-spike mixtures of ~ 0.3 to 0.7 are acceptable and result in similar 

uncertainties propagated through the double spike inversion (Willbold et al., 2016). Sample 

preparation and processing followed procedures detailed in Willbold et al. (2016), and here we 

outline a brief description of sample processing. Samples were dissolved in 22.5 ml 3 M HCl and 

1.25 ml 6 M HCl ready for column chemistry using 2 ml of Eichrom AG1X8 100 to 200 mesh 

anionic resin in Bio-Rad Poly-Prep columns. At least an hour before samples were loaded onto 

columns 1.25 ml of 1 M Ascorbic acid was added to samples and allowed to react to reduce Fe3+ 

to Fe2+ which is identified by a colour change of samples from yellow to green/colourless. Iron as 

Fe2+ will not stick to anionic resin in 3 M HCl and thus not overload the resin. Column chemistry 

steps are outlined in table 11. Molybdenum splits were collected in 24 ml 1 M HCl. Collected Mo 

fractions were dried and fluxed overnight in 1 ml 50:50 15.6 M HNO3: 30 % Romil SpA H2O2 

mixture to eliminate any organic material that may have leached off the resin into samples. Samples 

were dried and re-dissolved in the requisite amount of 0.4 M HNO3 – 0.4 M HF for a Mo 

concentration of 200 ng g–1 ready for analysis.  
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Step Volume (ml) Reagent 

AG1X8 (2 ml resin volume) 

Clean resin 20 NH4NO3 – NH4OH 

Clean resin 6 Milli-Q water 

Clean resin 20 2 M HNO3 – 1 M HF 

Clean resin 6 Milli-Q water 

Pre-condition resin 6 3 M HCl 

Load sample 25 3 M HCl – Hasc 

Elute matrix 6 3 M HCl 

Elute matrix 26 0.5 M HCl – 0.5 % H2O2 

Elute matrix 20 1 M HF 

Elute matrix 6 Milli-Q water 

Collect Mo 24 1 M HCl 

Clean resin 2 Milli-Q water 

Clean resin 2 NH4NO3 – NH4OH 

Clean resin 2 Milli-Q water 

Clean resin 2 2 M HNO3 – 1 M HF 

Clean resin 2 Milli-Q water 

Table 11.  Column chemistry method for the chemical isolation of  Mo from matrix 

elements, adapted from Willbold et al., (2016). 

 

2.3.2 Combined molybdenum and uranium sample processing 

 

Due to the large quantity of MORB glass (~ 1 g) that needs to be processed for U or Mo analysis 

the most practical option is to measure U and Mo on the same dissolved sample. To maximise 

sample throughput a method to collect U and Mo fractions for samples was investigated.  

 

Samples were spiked with the U and Mo double spikes. There are negligible blank contributions 

from the spikes (Table 7). The process for joint processing of samples is outlined in table 12; 

samples were dissolved in a 3 M HCl – 6 M HCl – Ascorbic acid mix and loaded onto TRU resin 

columns positioned above AG1X8 resin columns (Fig. 25). The aim was that the U would stick to 

the TRU resin while the Mo drips through onto the AG1X8 resin. Columns could then be 

separated and processed individually. However, it was found that Mo sticks to TRU resin in 3 M 

HCl (versus washing straight through in 1.5 M HNO3) and is then collected with the U in the 0.3 
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M HF – 0.1 M HCl stage, therefore, this method was not used going forward. It would also not 

be possible to stack the Mo AG1X8 resin above the U TRU resin column. This is because to wash 

U fully off AG1X8 a 0.5 M HCl – 0.5 % H2O2 solution is used (Willbold et al., 2016); U does not 

stick to TRU resin in low molarity HCl media therefore it would not be possible to separate the U 

from matrix elements. 

 

Therefore, for the collection of U and Mo fractions from samples, the U TRU resin chemistry was 

performed first and the sample load and first 10 ml of 1.5 M HNO3 wash (50 ml total volume) 

was collected and then processed for Mo separation. For some samples, tungsten (W) isotopic 

analysis was also of interest and the load and 3 M HCl wash was collected and saved for W 

processing. Processing samples through the U chemistry first has the potential to increase the Mo 

procedural blank, however procedural blanks for Mo that had been processed through the TRU 

resin and AG1X8 columns were ~ 340 pg; this is on the same order of magnitude as other studies 

(e.g., Willbold et al., 2016; Chen et al., 2022) and negligible compared to amount of Mo measured 

(~ 20 ng).  
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Step Volume 

(ml) 

Reagent Step Volume 

(ml) 

Reagent 

TRU resin column (1 ml resin volume) AG1X8 (2 ml resin volume) 

Clean resin 10 Milli-Q 

water 

Clean resin 20 NH4NO3 – 

NH4OH 

Clean resin 10 0.3 M HF –  

0.1 M HCl 

Clean resin 6 Milli-Q water 

Clean resin 10 Milli-Q 

water 

Clean resin 20 2 M HNO3 –  

1 M HF 

Pre-condition 

resin 

10 3 M HCl Clean resin 6 Milli-Q water 

   Pre-condition 

resin 

6 3 M HCl 

Combine columns 

Step Volume (ml) Reagent 

Load sample 25 3 M HCl – Hasc 

Elute Matrix 10 3 M HCl 

Separate columns 

Step Volume 

(ml) 

Reagent Step Volume 

(ml) 

Reagent 

Elute matrix 20 3 M HCl Elute matrix 26 0.5 M HCl –  

0.5 % H2O2 

Collect U 10 0.3 M HF –   

 0.1 M HCl 

Elute matrix 20 1 M HF 

   Elute matrix 6 Milli-Q water 

   Collect Mo 24 1 M HCl 

   Clean resin 2 Milli-Q water 

   Clean resin 2 NH4NO3 – 

NH4OH 

   Clean resin 2 Milli-Q water 

   Clean resin 2 2 M HNO3 –  

1 M HF 

   Clean resin 2 Milli-Q water 
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Table 12.  Column chemistry method attempted for the joint processing of  U and 

Mo chemical purification.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 25. Stacked TRU resin and AG1X8 resin tested for the combined chemical 

purification of  U and Mo from matrix elements.   

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 26. Stacked TRU resin and AG1X8 resin test for the combined chemical 

purification of  U and Mo from matrix elements, elution curves, showing that Mo sticks 

to TRU resin in 3 M HCl and elutes in 0.3 M HF – 0.1 M HCl 

1 ml TRU resin 

2 ml AG1X8 resin 
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2.3.3 Measurement of molybdenum isotopes 

 

Molybdenum isotopic compositions were measured on a ThermoFinnigan Neptune MC-ICP-MS 

(serial no. 1020) at the Bristol Isotope group in low mass resolution (M/ΔM ~ 1600, 5 to 95 % 

peak height definition). Samples were introduced to the plasma using a ~ 40 ul min−1 micro-

concentric PFA nebuliser connected to a Cetac Aridus (1st generation) desolvating system. 

Nitrogen and argon flow rates were tuned at the start of each session for optimal sensitivity and 

stability. A standard sample cone plus H-skimmer cone setup was used. Nine isotopes are collected 

during measurements: 91Zr, 92Mo, 95Mo, 96Mo, 97Mo, 98Mo, 99Ru, 100Mo and 101Ru, on Faraday cups 

L4 to H4 respectively (Fig. 27). All cups would ideally be connected to an amplifier with a 1011 Ω 

resistor, however due to the limited number of 1011 Ω resistors available on the Neptune, 91Zr, 
92Mo and 101Ru were connected to 1010 Ω resistors. This should not be an issue as 91Zr and 101Ru 

are interferences and removed in chemistry and 92Mo is not used in the double spike inversion for 

the calculation of 98Mo/95Mo. Before each session instrumental baselines were measured and 

amplifier gains intercalibrated. Measurements consisted of 80 s of solution uptake to allow the ion 

beams to stabilise, followed by measurement of 30 cycles of 4.194 s integration time, consuming 

~ 30 ng Mo per measurement for samples measured at 200 ng g–1. Sample and standard 

measurements were preceded by 90 s of washing with 0.4 M HNO3 – 0.4 M HF, followed an on-

peak baseline measurement of reagent blank for 30 cycles of 4.194 s integration time. Each sample 

was preceded and followed by a measurement of the double-spiked (with a double spike 

proportion similar to samples) standard NIST SRM3134. Samples and standard were run at a Mo 

concentration of 200 ng g– 1. Typical ion beam intensities for this concentration are listed in table 

13. After every five standard measurements peaks were re-centred using 97Mo on the centre cup.  

 

Raw intensities for blanks, standards and samples were reduced offline using Excel. Each solution 

was corrected for solution blank and intensities re-calculated. Measurements were internally 

normalised using the double spike inversion following Rudge et al. (2009), 95Mo, 97Mo, 98Mo and 
100Mo were the isotopes used in the inversion, and 98Mo/95Mo ratios calculated. Samples were 

externally normalised to the bracketing standard and ẟ98Mo calculated (ẟ98Mo = [(98Mo/95MoSample / 
98Mo/95MoNISTSRM3134) – 1]). Ruthenium (Ru) has interferences with 98Mo (98Ru) and 100Mo (100Ru). 

Therefore, 99Ru and 101Ru are monitored to allow for corrections to be applied to 98Mo and 100Mo. 

Ruthenium doping experiments (Chen et al., 2019b) show that corrections using 99Ru can correct 

Mo data. However, there is the potential for overcorrection due to species such as zinc-chloride, 
64Zn35Cl, and argon-fluoride, 40Ar2

19F, giving large signals at mass 99 (Chen et al., 2019b). 
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Therefore, 101Ru is also monitored and can be used for correction. Data was corrected using 99Ru 

and 101Ru and compared, both methods give the same answer within uncertainty (Fig. 28). If the 

total Ru correction was ever over 0.1 ‰ in ẟ98Mo the data was rejected.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 27. Peak scans of  collected ion beams during Mo isotope measurement using 

NIST SRM3134 centred on 97Mo. The mass resolution is determined based on the 

mass difference at 95 and 5 % the peak height of  the 97Mo ion beam.   

 

Table 13.  Neptune setup for Mo isotope measurement and typical intensities 

measured.  

 

 

 

 

 

Mass 91Zr 92Mo 95Mo 96Mo 97Mo 98Mo 99Ru 100Mo 101Ru 

Cup L4 L3 L2 L1 Axial H1 H2 H3 H4 

Resistor (Ω) 1010 1010 1011 1011 1011 1011 1011 1011 1010 

Intensity (pA) < 0.001 ~ 12 ~ 14 ~ 15 ~ 43 ~ 24 < 0.0001 ~ 54 < 0.0001 
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Fig. 28. Comparison of  ẟ98Mo corrected using 99Ru, 101Ru and no correction, data is 

from measurements between February 2020 and April 2022, plotted with internal 

2SE, all fall on a 1:1 line. (a) 99Ru corrected data vs. 101Ru corrected data, (b) No 

Ru corrected data vs. 99Ru corrected data, (c) No Ru corrected data vs. 101Ru 

corrected data. 

(a) 

(b) 

(c) 
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2.3.4 Molybdenum isotope measurement external uncertainty 

 

Reproducibility and precision were monitored using repeat measurements of reference materials. 

All data on reference materials are within uncertainty of literature data, table 14, repeat 

measurements of separate dissolutions of the W2A international reference material are generally 

within uncertainty of each other (Fig. 29). All samples measured during this work for their Mo 

isotopic composition are pooled to define an 2SD external reproducibility of ẟ98Mo ± 0.048 ‰ 

2SD (Table 15). We then use this uncertainty to calculate pooled external 2SE for each sample. 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 29. ẟ98Mo of  W2A plotted with internal 2SE. Grey shaded region represents the 

mean ± 2SE. Data is separated into different colours based on separate dissolutions 

of  W2A.  
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Table 14.  Molybdenum isotope measurements of  reference materials. Data in italics 

are from literature, CPI literature value is from Hibbert (Thesis), BHVO2 and W2A 

literature data are from Chen et al., (2022), GUG11 literature value is from Freymuth 

et al., (2015). *Molybdenum concentrations as determined from isotope dilution. 

Note that the 2SD and 2SE given are the uncertainties calculated from repeat 

measurements and not the homoscedastic approach given table 15. 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Sample ẟ98Mo (‰) 2 SD 2 SE [Mo] ppb* N.M N.S 

CPI 
−0.265 0.040 0.006  52  

−0.23 0.05   33  

BHVO2 
−0.056 0.057 0.014 4159 17 2 

−0.08 0.04  3570 6  

W2A 
−0.046 0.048 0.008 417 33 3 

−0.05 0.05  460 9  

GUG11 
0.065 0.050 0.012 946 17 1 

0.049  0.016 1003   

IT2a −0.176 0.113 0.023 228 24 3 
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Sample 2SD N Variance × (N−1) 

W2a 0.048 33 0.018 

GUG11 0.050 17 0.010 

CPI 0.040 52 0.021 

BHVO2 0.057 17 0.013 

BCR2 0.044 5 0.002 

JC-24-80-23-AB 0.031 5 0.001 

JC-24-80-23-C 0.084 5 0.007 

JC-24-88-26-C 0.029 5 0.001 

JC-24-88-26-AB 0.056 5 0.003 

JC-24-89-13 0.083 5 0.007 

JC7-25-3.1-C 0.044 5 0.002 

JC7-25-3.1-B 0.020 5 0.000 

JC24-83-7-A 0.053 6 0.003 

JC24-83-7-B 0.023 6 0.001 

JC24-84-5-2-A 0.034 6 0.001 

JC24-84-5-2-B 0.042 6 0.002 

JC24-92-21-A 0.054 6 0.004 

JC24-92-21-B 0.068 6 0.006 

JC24-93-35-A 0.051 6 0.003 

JC24-93-35-B 0.031 6 0.001 

JC7-D15-1-A 0.062 6 0.005 

JC7-D15-1-C 0.035 5 0.001 

JC7-D24-7-A 0.012 5 0.000 

JC7-D24-7-B 0.058 5 0.003 

JC7-D26-3-A 0.021 5 0.000 

JC7-D26-3-B 0.034 5 0.001 

JC7-D16-17-A 0.052 6 0.003 

JC7-D16-17-B 0.064 6 0.005 

JC7-D16-17-C 0.063 6 0.005 

JC24-81-5-A 0.060 6 0.004 

JC24-81-5-B 0.062 6 0.005 

JC24-81-5-C 0.059 6 0.004 

JC24-79-22-A 0.043 6 0.002 
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JC24-79-22-B 0.043 5 0.002 

JC24-79-22-C 0.019 5 0.000 

JC24-90-13-A 0.049 4 0.002 

JC24-90-13-B 0.040 5 0.002 

JC24-90-13-C 0.048 5 0.001 

Sum  304 0.154 

Pooled variance 0.00058   

Pooled 2SD 0.048   

 

Table 15. Homoscedastic approach for calculating external uncertainty on Mo 

isotopic compositions. Variance is calculated as Variance = 2SD2/4 and pooled 

variance as the sum of  variance × (N-1) / sum of  N-1. Pooled 2SD is calculated as 

pooled 2SD = 2 × √Pooled variance. 
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2.4 Potassium isotope analysis methods 
 

2.4.1 Chemical purification of potassium 

 

Potassium isotopic analysis via standard sample bracketing was conducted on samples purified 

through solution chemistry following Tacail et al. (in prep). Sample digestion was the same as 

detailed in the U sample digestion section, except that typical masses of samples digested was ~ 

50 mg, due to the high K concentration in the samples measured during this work. A three-column 

method was used for the separation of K from matrix elements and a brief outline is below, with 

full details listed in table 16. Samples were dissolved in 1 ml 1 M HNO3 and loaded on to Teflon 

PFA columns containing 2.5 ml of the cationic AG50WX12 200 to 400 mesh size resin from Bio-

Rad. A low molarity 0.5 M HF solution was used to elute elements such as Fe, Al and U. Elements 

were then continually eluted using 1 M HNO3 with K collected after the elution of Na and before 

the elution of Rb (Fig. 30a). Samples were dried and fluxed overnight in 1 ml 50:50 15.6 M HNO3: 

30 % Romil SpA H2O2 mixture to eliminate any organic material that may have leached off resin. 

Samples were re-dissolved in 0.25 ml 0.4 M HCl and loaded on to Teflon shrink fit columns 

containing 0.25 ml of the cationic AG50WX12 200-400 mesh size resin from Bio-Rad. Matrix 

elements were continually eluted using 0.4 M HCl and the K fraction collected (Fig. 30b). Samples 

were again dried and fluxed overnight in 1 ml 50:50 15.6 M HNO3: 30 % Romil SpA H2O2 mixture 

to again eliminate any organic material.  

 

These two chemistry methods do not separate K from vanadium (V). While not having a direct 

mass overlap with K, doping tests with V show that V causes a shift in values of ẟ41K. Therefore, 

a third column was used to separate V and K. Following methods from Wu et al. (2016), samples 

were dissolved in 0.5 ml < 0.01 M HCl – 1 % H2O2 and loaded on to Bio-Rad Poly-Prep columns 

containing 0.5 ml of the anionic AG1X8 200 to 400 mesh size from Bio-Rad. Vanadium sticks to 

the resin while other elements such as K are not retained on the resin. Potassium was eluted using 

10 ml of < 0.01 M HCl – 1 % H2O2 and then V washed off the resin using 1 M HCl (Fig. 30c). 

Samples were dried and fluxed overnight in 1 ml 50:50 15.6 M HNO3: 30 % Romil SpA H2O2. 

 

Samples were then dried and re-dissolved in 5 ml of 0.312 M HNO3 and then further diluted to 

1 ug g–1 K for analysis. Potassium recovery was over 99.5 %, ensuring no ion-exchange 

chromatography induced mass-dependent isotope fractionation of K, determined from 

measurements of collected elution either side of K collecting window and measurements of NIST 
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SRM3141a processed through column chemistry. Quantitative recovery of un-spiked elements is 

necessary to ensure ion-exchange chromatography does not induce mass-dependent isotope 

fractionation. Efficient separation of K from matrix elements is achieved using the described 

chemical purification methods with major and trace element/K ratios decreasing to values below 

0.01 for all major and trace elements (Tacail et al., in prep). Total procedural blank for chemical 

processing and measuring was ~ 60 ng K, which is insignificant (at most ~ 0.6 % blank 

contribution) compared to total amount of K processed (10 to 100 ug).  
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Step Volume (ml) Reagent 

AG50WX12 (2.5 ml resin volume) 

Clean resin Full reservoir Milli-Q water 

Clean resin (overnight) Full reservoir 6 M HCl 

Clean resin 2.5 Milli-Q water 

Clean resin 2.5 6M HCl 

Clean resin 5 Milli-Q water 

Pre-condition resin 5 1 M HNO3 

Load sample 1 1 M HNO3 

Rinse & fix sample 0.5 1 M HNO3 

Rinse & fix sample 0.5 1 M HNO3 

Elute matrix 7.5 0.5 M HF 

Elute matrix 10 1 M HNO3 

Collect pre-K split 1 1 M HNO3 

Collect K 23 1 M HNO3 

Collect post-K split 1 1 M HNO3 

Clean resin 5 6 M HCl 

Clean resin 2.5 Milli-Q water 

Clean resin (overnight) Full reservoir 6 M HCl 

AG50WX12 (0.25 ml resin volume) 

Clean resin 5 Milli-Q water 

Clean resin 5 6 M HCl 

Clean resin 5 Milli-Q water 

Pre-condition resin 2.5 0.4 M HCl 

Load sample 0.25 0.4 M HCl 

Elute matrix 4 0.4 M HCl 

Collect pre-K split 1.5 0.4 M HCl 

Collect K 11 0.4 M HCl 

Collect post-K split 1.5 0.4 M HCl 

Clean resin 5 6 M HCl 

AG1X8 (0.5 ml resin volume) 

Clean resin 5 Milli-Q water 

Clean resin 5 1 M HCl 

Clean resin 5 Milli-Q water 
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Clean resin 5 6 M HCl 

Clean resin 25 Milli-Q water 

Pre-condition resin 1 < 0.01 M HCl – 1 % H2O2 

Load sample & Collect 

K 
0.5 < 0.01 M HCl – 1 % H2O2 

Collect K 10 < 0.01 M HCl – 1 % H2O2 

Collect post-K split 1 < 0.01 M HCl – 1 % H2O2 

Clean resin 10 1 M HCl 

Clean resin 5 6 M HCl 

Clean resin 5 Milli-Q water 

Table 16.  Potassium ion exchange chemistry method used, modified from Tacail et 

al. (in perp).  
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Fig. 30. Elution curves for the ion exchange columns used in the separation of  K 

from matrix elements. (a) Elution curve of  the first column, AG50WX12 (2.5 ml 

resin volume) using BHVO2. (b) Elution curve of  the second column, AG50WX12 

(0.25 ml resin volume) using W2A. (c) Elution curve of  the third column, AG1X8 

(0.5 ml resin volume) using a synthetic solution of  K and V mixed to a similar ratio 

in mafic geological samples.  

(c) 

(b) 

(a) 
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2.4.2 Measurement of potassium isotopes 

 

Potassium isotope ratios were measured on a unique, tribrid mass-spectrometer (Proteus), a 

collision cell multi-collector, inductively coupled plasma mass spectrometer with pre-cell mass 

filter (CC-MC-ICP/MS/MS) (Bevan et al., 2021; Lewis et al., 2022; Mahan et al., 2022; Tacail et 

al., in prep). Typically, the most abundant isotopes, 39K and 41K, are measured to determine mass 

dependent K isotope variability. Measuring K isotope ratios using an argon-based inductively 

coupled plasma mass spectrometer introduces isobaric interferences that make measurements 

challenging. Argon, with isotopes at masses 38Ar and 40Ar, forms isobaric interfering hydride 

species, 38Ar1H+ and 40Ar1H+ which are difficult to resolve from 39K and 41K respectively. To 

accurately measure K isotopes, these Ar based interreferences need to be resolved or minimised. 

This can be done by a cold plasma method, where a low RF power is used to reduce ArH+ ion 

production (e.g., Jiang et al., 1988; Hu et al., 2018; Morgan et al., 2018; Chen et al., 2019a), or a 

collision cell method (e.g., Feldmann et al., 1999a, 1999b; Richter et al., 2014; Li et al., 2016; Wang 

and Jacobsen, 2016; Moynier et al., 2021; Mahan et al., 2022; Télouk et al., 2022). We employ the 

latter approach, using Proteus with a collisional gas mixture of H2 and He, and full transmission 

through the preceding quadrupole mass filter. This gas mixture charge neutralises the Ar+ and 

promotes the transmission of K+ through the cell by collisional focussing. Potassium ions are then 

transmitted through the mass spectrometer, free of Ar-based interferences which allows accurate 

measurement of 41K/39K in low mass resolution mode (M/ΔM ~ 3000, 5 to 95 % peak height 

definition) (Tacail et al., in prep).  

 

Samples were introduced to the plasma using a ~ 50 ul min–1 micro-centric PFA nebuliser 

connected to an ESI APEX-Q system. A standard sample cone and skimmer cone, with a 2.8 mm 

insert setup was used. Helium and hydrogen gases are introduced to the collision cell at 

2 ml min– 1 and 3.5 to 4 ml min–1 respectively (Tacail et al., in prep). Beam intensities at 6 masses 

are measured:  38 (38Ar), 38.5, 39 (39K), 40 (40Ca), 41 (41K) and 42 (42Ca) on cups L3 to H2 

respectively, all cups are connected to amplifiers with 1011 Ω feedback resistors (Table 17). The 

pre-mass filter quadrupole, collision cell and standard Neptune MC-ICP-MS optics were tuned at 

the start of each session to achieve an internal precision of 10–7 to 10–6 on the 41K/39K ratio for 

measurements of ~ 320 s. Each analysis consists of 100 s of solution uptake to allow the ion beams 

to stabilise, followed by measurement of 40 cycles of 8.388 s integration time, consuming ~ 360 ng 

K per measurement. Samples and standard measurements were preceded and followed by 200 s 

of washing with 0.312 M HNO3, followed by an on-peak baseline measurement of reagent blank 
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for 10 cycles of 8.388 s integration time. Each sample was preceded and followed by a 

measurement of the NIST SRM3141a standard. Samples and standards were run at a K 

concentration of 1 ug g– 1 and matched intensity wise to within 10 %, with most generally within 

5%. After every five sample measurements peaks were re-centred using 39K.  

 

Raw intensities for blanks, standards and samples were reduced offline. Each sample and standard 

were corrected for instrumental blank and intensities re-calculated. Samples were externally 

normalised to the bracketing solution standard and ẟ41K calculated as ẟ41K = 

[(41K/39K)sample/(41K/39K)NIST SRM3141a – 1].  

 

 

 

 

 

 

Table 17.  Proteus collector setup used for K isotope measurement and typical 

intensities measured. 

 

2.4.3 Potassium isotope measurement external uncertainty 

 

Reproducibility and precision were monitored using repeat measurements of reference materials. 

All data on reference materials are within uncertainty of literature data, table 18, and repeat 

measurements of separate dissolutions of international geological reference material W2A are on 

average within uncertainty of one another (Fig. 31). The K isotope data presented in this thesis 

was collected in two measurement sessions, one in November 2021 and one in June 2022. Between 

these time periods, the collision cell on Proteus was disassembled for cleaning and reassembled. 

Following the cleaning, the stability on measured 41K/39K ratios decreased.  Reference materials 

measured in November 2021, thus had better reproducibility than those measured in June 2022 

e.g., ± 0.03 ‰ 2SD and ± 0.23 ‰ 2SD for BHVO2, in the respective time periods, giving an 

overall 2SD of ± 0.15 ‰ (Table 19). 

 

Mass 38Ar 38.5 39K 40Ca 41K 42Ca 

Cup L3 L2 L1 Axial H1 H2 

Resistor (Ω) 1011 1011 1011 1011 1011 1011 

Intensity (pA) < 0.001 ~ 250 to 300 < 1 20 to 25 < 0.01 
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As with Mo, all samples measured during the course of this work for their K isotopic composition 

are pooled to define an 2SD external reproducibility of ẟ41K ± 0.141 ‰ (Table 20). We then use 

this uncertainty to calculate pooled external 2SE for each sample. 

 

 

 

 

 

 

 

 

 

 

 

 

 

Table 18.  Potassium isotope measurements of  reference materials. Data in italics 

are from literature, NIST SRM3141a, BHVO2, W2A and BCR2 literature 

measurements are from Tacail et al. pers. Comm, JB2 literature measurements are 

from Parendo et al. 2022. Note that the 2SD and 2SE given are the uncertainties 

calculated from repeat measurements and not the homoscedastic approach given 

table 20. 

 

 

 

 

 

 

 

 

 

Table 19.  Potassium isotope measurements of  reference materials compared from 

measurement session in November 2021 and June 2022 (data in italics), in this 

time the collision cell on Proteus was disassembled and reassembled, and signal 

Sample ẟ41K (‰) 2 SD 2 SE N.M N.S 

NIST SRM3141a 
−0.01 0.17 0.03 27 2 

−0.01 0.11 0.02 25 1 

BHVO2 
−0.37 0.15 0.03 24 2 

−0.42 0.16 0.08 6 2 

W2A 
−0.46 0.09 0.01 59 2 

−0.42 0.06 0.02 9 1 

BCR2 
−0.45 0.19 0.04 20 1 

−0.45 0.15 0.05 12 2 

JB2 
−0.17 0.20 0.04 23 2 

−0.26  0.03 11  

Sample ẟ41K (‰) 2 SD 2 SE N.M N.S 

NIST SRM3141a 
0.01 0.03 0.01 13 1 

−0.03 0.22 0.06 14 1 

BHVO2 
−0.36 0.03 0.01 14 1 

−0.39 0.23 0.07 10 1 

JB2 
−0.22 0.03 0.01 13 1 

−0.11 0.25 0.08 10 1 
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stability similar to November 2021 was not able to be achieved in June 2022, this 

resulted in more variable data, seen by significantly larger 2SD on samples. Note 

that the 2SD and 2SE given are the uncertainties calculated from repeat 

measurements and not the homoscedastic approach given table 20. 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 31. ẟ41K of  W2A plotted with internal 2SE. Grey shaded region represents the 

mean ± 2SE. Data is separated into different colours based on separate dissolutions 

of  W2A. 
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Sample 2SD N Variance × (N−1) 

W2a 0.087 59 0.110 

JB2 0.197 23 0.213 

BHVO2 0.150 24 0.130 

NISTSRM3141a - chemistry 0.166 27 0.179 

BCR2 0.186 20 0.165 

Gug 6 0.114 8 0.023 

Gug 6 - rep 0.048 10 0.005 

Gug 11 0.015 8 0.000 

Pag 1 0.023 8 0.001 

Pag 3 0.095 8 0.016 

Pag 3 -rep 0.039 10 0.003 

AGR 4b 0.023 8 0.001 

MM92 6 0.040 8 0.003 

Ura 5 0.026 8 0.001 

Ura 7 0.028 8 0.001 

801A- 3R-2. 56-58 I-1 0.250 10 0.140 

801A- 5R-3, 50-51 I-2 0.160 10 0.058 

801A-80-100M II 0.225 10 0.114 

801A-17R1-28-30 III-0 0.161 10 0.058 

801B-5R-l,40-42 III-1 0.232 10 0.121 

801B-7R-1. 35-37 III-2 0.103 10 0.024 

801B-15R1-19-20 IV-1 0.140 10 0.044 

801B-24R-1, 54 "112" IV-2 0.181 10 0.074 

801B- 35R-2,0 10 V 0.114 10 0.029 

Sum  327 1.515 

Pooled variance 0.005   

Pooled 2SD 0.141   

Table 20. Homoscedastic approach for calculating external uncertainty on K isotopic 

compositions. Variance is calculated as Variance = 2SD2/4 and pooled variance as 

the sum of  variance × (N-1) / sum of  N-1. Pooled 2SD is calculated as pooled 2SD 

= 2 × √Pooled variance. 
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2.4.4 Vanadium doping experiments 

 

The effects of V on measurements of ẟ41K on geological samples was tested through the measuring 

of NIST SRM3141a doped to various V/K ratios and measuring a sample of the geological 

reference material W2A that had and had not been processed through the third K column designed 

to separate K and V (Table 21). The NIST SRM3141a standard was doped to have various V/K 

ratios between 0.001 and 10, with typical basaltic rocks (main lithology analysed) having natural 

V/K ratios around 0.06 (W2A). As the V/K ratio increases there is positive shift in ẟ41K, between 

V/K ratios of 0.01 to 0.1 there is a ~ 50 ppm increase in ẟ41K (Fig. 32a). At continually extreme 

V/K ratios there is a large negative shift in ẟ41K to values as low as ~ −1.1 ‰ at V/K ~ 10 (Fig. 

32b). Measuring a sample of W2A that had and had not gone through the third chemistry confirms 

the positive shift in ẟ41K at V/K ratios similar to geological samples, with W2A processed through 

all chemistry having a ẟ41K of −0.46 ± 0.09 2 SD, and W2A that had not gone through the third 

K chemistry having a ẟ41K of −0.41 ± 0.06 2 SD, which is ~ 50 ppm isotopically heavier than fully 

processed W2A (Fig. 32c). Therefore, it is necessary to carry out this third column to ensure matrix 

effects of V are removed in measuring ẟ41K. 

 

 Synthetic solution 

V/K 0.0001 0.001 0.01 0.05 0.1 0.25 0.5 0.75 1 10 

ẟ41K 

(‰) 
0.007 0.005 0.030 0.069 0.050 0.047 −0.011 −0.099 −0.138 −1.079 

± 2SE 0.010 0.010 0.008 0.008 0.008 0.006 0.009 0.008 0.008 0.011 

 W2A no V W2A with V (V/K ~0.06) 

ẟ41K 

(‰) 
−0.46 −0.41 

± 2SD 0.09 0.06 

± 2SE 0.01 0.01 

N 56 25 

Table 21.  Measurements of  ẟ41K on NIST SRM3141a doped to various V/K ratios 

and on samples of  W2A that have and have not been processed through the 

chemistry method to separate V and K.  
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Fig. 32. Vanadium doping tests showing the effects of  V content of  samples using 

a synthetic solution and W2A. (a) Synthetic mix of  V and K at V/K from 0.0001 to 

1, a ~ 0.05 ‰ positive shift in ẟ41K occurs at V/K similar to mafic rocks (0.01 to 

0.25). (b) Synthetic mix of  V and K at V/K from 0.0001 to 10, above V/K of  0.5 

ẟ41K is strongly shifted towards negative values. (c) Difference in ẟ41K for a sample 

of  W2A that has and has not been processed through the third K column to separate 

V, with the V rich sample being isotopically heavier by ~ 0.05 ‰.  

 

(a) 

(b) 
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2.5 Trace element concentration measurements 
 

For the measurement of elemental concentrations of samples, namely for the trace element 

concentrations of Mo, W, Th and U, small amounts of samples were dissolved (~ 10 to 50 mg) or 

taken from already dissolved larger quantity samples and measured on an Element2 ICP-MS at the 

University of Bristol isotope group. Samples were measured in 0.312 M HNO3. Details of the 

measurement protocol followed Andersen et al. (2014). Samples were introduced using a 

~ 50 ul min–1 micro-centric PFA nebuliser connected to a quartz spray chamber. Measurements 

consisted of 80 s of solution uptake to allow ion beams to stabilise, followed by measuring various 

isotopes selected for measurement. All measurements were preceded by a reagent blank 

measurement, which was subtracted from the counts per second measured for each sample. Every 

four samples were bracketed by measurement of a synthetic rock standard mixed to be similar in 

composition to the geological reference material BCR2. Samples were diluted to have a similar 

intensity to the standard, and concentrations calculated by comparing to the intensity of the 

standard or by using a calibration line of various intensities constructed from the standard at 

varying concentrations.  

 

It was found that measurements of Mo and W concentrations were often inaccurate, especially for 

low concentration samples. One possibility could be due to Mo and W not staying dissolved in 

solution in low molarity nitric media. Therefore, adding low molarity 0.05 M HF to all solutions, 

wash, blank, standard and samples was investigated, to see if HF aided in Mo and W remaining in 

solution. Measurements of international reference materials BHVO2 and W2A and in house 

reference sample IT3a were conducted on samples with and without HF. Also, it was assessed 

weather a calibration line built from five difference concentration measurements, or a single 

concentration point affected results (Fig. 33a-c). Measurements of Th and U concentrations show 

no noticeable difference between the various measuring conditions, with all concentration 

measurements generally within ~ 15 % of reference values. However, the addition of 0.05 M HF 

to samples improved the measurements of Mo and W. In 0.312 M HNO3 concentrations were 

typically only within 20 % of reference values, the addition of 0.05 M HF improved this to within 

10 to 15 %, most noticeable in measurements of BHVO2. There is no noticeable difference 

between using a calibration line or a single point calibration. Measurements of Mo and W 

concentrations in IT3a however were consistently inaccurate, despite accurate Th and U 

measurements. It is unclear why this is the case for IT3a; perhaps the low concentrations of Mo 

and W are difficult to measure. Contamination of the split of the sample measured is also a 
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possibility, with the Mo/W ratio in the sample being ~ 3.8, while the ratio measured is ~ 1.5. 

Therefore, IT3a was not used as a reference material to check the accuracy of Mo and W 

concentration measurements. Molybdenum isotopic analysis of IT3a allowed isotope dilution 

determinations of [Mo] and separate dissolved splits gave differing concentrations, 186 and 353 ng 

g–1. Therefore, it is likely that IT3a is heterogeneous for Mo concentrations and should not be used 

as a reference material for [Mo]. 

 

Accuracy and reproducibility as determined by repeat measurements of BHVO2, IT3a and W2A 

for Mo, W, Th and U concentrations are reported in table 22. The accuracy of Mo and U 

concentrations could also be checked using the concentrations determined through isotope 

dilution from measurements on double spiked samples. Isotope dilution measurements were more 

accurate, however measurements from the Element2 by ICP-MS are sufficiently similar, majority 

within 20 % (Fig. 34a-b) and close to a one-to-one line between concentrations measured by ICP-

MS and MC-ICP-MS with double spiking. This extends to ratio measurements, where Th/U and 

Th/Mo ratios as determined on the Element2 are also similar to ratios determined using U and 

Mo concentrations from isotope dilution and Th concentrations from the Element2 (Fig. 34c-d). 
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Fig. 33. Element2 ICP-MS concentration measurements of  (a) BHVO2, (b) W2A and 

(c) IT3a using different measuring and data processing methods. IT3a is likely 

heterogeneous in Mo and W, hence the large deviations from reference values.   

 

 Mo W Th U 

BHVO2 

Concentration (ng g–1) 3645 224 1129 383 

2SD 734 37 165 57 

2SE 88 4 14 5 

Count 69 69 129 147 

Reference value 4070 251 1114 386 

% Relative to ref. 90 89 101 99 

IT3a 

Concentration (ng g–1) 343 235 216 65 

2SD 65 42 29 10 

2SE 9 6 3 1 

Count 49 49 97 113 

Reference value 147 39 218 70 

% Relative to ref. 233 603 99 93 

W2A 

Concentration (ng g–1) 400 278 2112 469 

2SD 104 43 401 85 

2SE 13 5 51 11 

Count 63 63 63 63 

Reference value 410 271 2179 490 

% Relative to ref. 97 103 97 96 

Table 22.  Concentration measurements of  reference materials used to check 

accuracy of  Element2 ICP-MS measurements.  

 

 

 

 

 



Chapter 2: Methods 
 

 - 127 - 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 34. Isotope dilution versus Element2 ICP-MS concentration measurements of  U 

and Mo and the effect on Th/U and Th/Mo ratios. Dashed lines represent 10 % 

difference, dotted lines represent 20 % difference. (a) Uranium concentration 

measurements, (b) Mo concentration measurements, (c) Th/U ratios where Th is 

measured on the Element2 ICP-MS and U is either from isotope dilution or Element2 

ICP-MS. (d) Th/Mo ratios where Th is measured on the Element2 ICP-MS and Mo is 

either from isotope dilution or Element2 ICP-MS. 
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3.1 Introduction 
 

The chemical alteration of the mafic oceanic crust during its evolution, from formation at mid-

ocean ridges to its recycling at subduction zones, can enhance the delivery of certain elements 

processed at the Earth’s surface to the Earth’s interior. The pollution of the Earth’s mantle with 

recycled altered oceanic crust (AOC) has long been thought to be a key method for the generation 

of the chemical heterogeneity observed within mantle derived basalts (e.g., Zindler and Hart, 

1986). Uranium (U) isotopes have recently been shown to be a useful diagnostic tracer for the 

recycling of surface derived material into the Earth’s upper mantle (Andersen et al., 2015). 

However, a full characterisation of the effects on U isotope ratios during crust generation, 

alteration and subduction zone processing are needed for the robust application of this novel 

tracer. 

 

Alteration of the oceanic crust is largely governed by two processes: firstly, near axis deep, high 

temperature, hydrothermally driven seawater convection with discharge at axial hydrothermal 

vents; secondly, low temperature off-axis hydrothermal circulation of seawater throughout the 

upper oceanic crust as it cools and moves away from the ridge axis (Staudigel, 2014). Seawater 

alteration of the oceanic crust drives the alteration of primary mineralogy and precipitation of 

secondary minerals such as clays and other phyllosilicates (e.g., serpentine), iron (Fe) -hydroxides, 

carbonates, and zeolites (e.g., Stakes and O’Neil, 1982; Alt and Honnorez, 1984; Alt et al., 1986, 

2010). Associated with this is the loss (e.g., magnesium (Mg) and sometimes silicon (Si)) and gain, 

(e.g., OH−1 rubidium (Rb), caesium (Cs), potassium (K), strontium (Sr), and U) of various chemical 

elements and molecules in the crust, which may differ between high and low temperature 

conditions (Staudigel, 2014; Coogan and Gillis, 2018). Various legs of drilling programs into the 

oceanic crust have been conducted and numerous sections of AOC from different ocean basins 

are available for study. There are however relatively few oceanic crust drill holes (332B (e.g., 

Aumento, 1977), 417/418 (e.g., Staudigel et al., 1981; Alt and Honnorez, 1984; Staudigel et al., 

1995, 1996), 504b (e.g., Alt et al., 1986; Bach et al., 2003), 735b (e.g., Bach et al., 2001), 801C (e.g., 

Kelley et al., 2003), and 1256D (e.g., Alt et al., 2010)) that standout for having a significant impact 

on the understanding of oceanic crust alteration, due to depth drilled to and amount of core 

recovered (Staudigel, 2014). They also cover the full structure of the oceanic crust allowing a 

comprehensive study of alteration variation with depth. Cores cover the extrusive pillow lavas and 

basalt flows at the top, to the sheeted dyke complexes below and the underlying gabbro, with most 

alteration (and U gain) occurring in the upper ~ 500 m of crust. 
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Uranium during low temperature alteration, can undergo enrichments up to an order of magnitude 

(e.g., Staudigel et al., 1995; Kelley et al., 2003, 2005; Andersen et al., 2015, In prep). Ocean drill 

sites 801C and 1256D, have been used to build up a general picture of the behaviour of U during 

the low temperature alteration of the oceanic crust in relatively old (~ 170 Ma) and young (~ 15 

Ma) Pacific oceanic crust, respectively (Andersen et al., 2015, In prep).  

 

In general, U uptake into the oceanic crust during alteration has been interpreted to occur during 

two main processes, as reflected by changes in the isotopic composition of U, recorded by 
238U/235U ratios. In uppermost sections (top few hundred meters) conditions are oxidising with 

high water to rock ratios, and so U uptake is dominated by the U6+ ion and associated with 

secondary phases such as celadonite and Fe-oxyhydroxides. This mechanism has been shown to 

be associated with lower 238U/235U relative to seawater (Andersen et al., 2017 and references 

therein). As crust cools, and seawater flow through becomes more restricted from the 

accumulation of sediments and filling of porosity with secondary minerals, alteration occurs under 

more reducing conditions with lower water to rock ratios. Here U uptake occurs when U6+ 

undergoes reduction to U4+ and becomes incorporated into phases such as saponite, carbonates 

and redox haloes; this appears to be associated with higher (relative to seawater) 238U/235U ratios 

(Andersen et al., 2017 and references therein).  

 

The nature of U addition can be further characterised using 234U/238U ratios. The short half-life of 
234U relative to its 238U parent (~ 0.245 Myr and ~ 4500 Myr respectively) means that after ~ two 

million years, the system should have reached secular equilibrium, at which decay rates are equal, 

so any deviation from (234U/238U) = 1 (activity ratio), indicates some U perturbation in the last ~ 

two million years. Seawater has elevated (234U/238U) ratios, ultimately the consequence of 

continental weathering via riverine input (e.g., Dunk et al., 2002), such that recent U addition from 

seawater to the oceanic crust elevates (234U/238U) ratios towards the seawater composition. Loss 

and remobilisation of U from and in the oceanic crust is also able to perturb the (234U/238U) ratio. 

These variations in the U system can provide detailed information on the timings of U addition 

and mobilisation in the oceanic crust. 

 

Previous studies have concluded that isotopically perturbed 238U/235U is distinct in the oceanic 

crust, to values isotopically lighter and heavier than seawater, normal modern mid-ocean ridge 

basalt (N-MORB) and the continental crust (Andersen et al., 2015, In prep; Noordmann et al., 
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2016). Available data suggests that there is a potential trend with age, as alteration styles change 

over time, e.g., more oxic conditions in younger crust (< 20 Ma) and more reducing in older crust 

(> 100 Ma) (Andersen et al., In prep). The addition of U may continue over the age of the oceanic 

crust (Andersen et al., In prep), and has been estimated to last for ~ 65 Myr, or as long as 

hydrothermal activity is still occurring (Staudigel, 2014). Quantifying the U budget of AOC is key 

for understanding the generation of chemical heterogeneity within the mantle, as well as the marine 

U and U isotopic budget (Dunk et al., 2002; Andersen et al., 2017). Specifically for the 238U/235U 

ratio systematics, previous studies have been focused on the Pacific Ocean and while a few samples 

have been characterised from the Atlantic Ocean site 417/418 (e.g., Noordmann et al., 2016) a full 

comprehensive study is needed to identify if processes seen in the Pacific oceanic crust is a global 

phenomenon. 

 

The spreading rate of oceanic crust (fast, intermediate, or slow) affects the crustal structure. At 

fast ridges the axial melt lens is essentially in steady state, there is a higher frequency of 

hydrothermal vents along the axis, and the crust is more like the ideal ophiolite structure 

(Anonymous, 1972). There is a smooth basement topography and abundant sheet flows (Alt and 

Teagle, 2003). In comparison at slower spreading ridges, magmatism is intermittent, pillow lavas 

more common and large throw faults can offset crustal structure, resulting in greater cooling to 

depth (Alt and Teagle, 2003).  

 

Therefore, alteration processes may be different, occur in different proportions or operate to 

different depths in crust of various spreading rates. One other important aspect to investigate is 

the effect of spreading rate on U isotopes. Sites 801C and 1256D are both located on fast spreading 

oceanic crust. To fully quantify the U budget of global AOC, necessary to our understanding of 

global subduction zone inputs, studies of drill cores from various ocean basins and of various 

spreading rates and ages are needed. To this end we measure a set of discrete samples (compared 

to composite samples that average large intervals of AOC) from deep sea drilling project (DSDP) 

site 417 located in slow spreading, old (~ 120 Ma) oceanic crust to increase the global coverage of 

U isotope data on AOC and the full range of U isotopic compositions in AOC.  
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3.2 Geological location and samples 
 

Deep sea drilling project leg 51-53 drilled sites 417/418, located near the Bermuda rise in the west 

central Atlantic Ocean, and penetrated up to 500 m into the basaltic basement of ~ 120 Ma slow 

spreading oceanic crust (Donnelly et al., 1980). Site 417 is located at 25.6° N and 68.2° W, and site 

418 sits around 8 km south (See Donnelly et al., 1980 figure 1). There are three individual closely 

spaced drill cores, 417A, 417D and 418A that are commonly described together. Core 417A 

penetrates 206 m into the basement (~ 208 m sediment cover) with a 62 % recovery, core 417D 

penetrates 366 m into the basement (~ 343 m sediment cover) with a 72 % recovery and 418A 

penetrates 544 m into the basement (~ 324 m sediment cover) with a 72 % recovery. Together the 

long cores and high recovery allow for a full and integrated understanding of crustal structure and 

alteration in the upper ~ 500 m of old Atlantic oceanic crust, that covers largely basalt pillow lavas 

and sheet flows (Staudigel et al., 1996).  

 

Full and detailed descriptions of lithologies, alteration mineralogy, hydrothermal alteration 

temperatures and geochemistry are beyond the scope of this work and can be found elsewhere 

(e.g., Donnelly et al., 1980; Staudigel et al., 1981; Alt and Honnorez, 1984; Staudigel et al., 1995, 

1996). Sites 417/418 have long been used as estimates for the composition of global subducting 

AOC (Staudigel et al., 1995). In recent years the application of novel stable isotope systems has 

been applied to AOC sections, but there is little data on sites 417/418 (Noordmann et al., 2016; 

Seyedali et al., 2021).  

 

We measured 31 samples from site 417 (417A and 417D) for their U concentration and isotopic 

composition to better inform us on the behaviour of U during alteration processes. Our samples 

represent discrete samples located at depths from 0 to ~ 200 meters sub-basement (msb) in 417A 

and 0 to ~ 360 msb in 417D, allowing for depth variations in alteration patterns to be investigated. 

Discrete samples, rather than composite samples, as have been measured for sites 417/418 

(Staudigel et al., 1995, 1996), have the benefit of capturing the total range in alteration of the 

oceanic crust, but may not be representative of the overall composition of AOC that enters 

subduction zone settings. While the samples in this study are taken only from site 417, here we 

provide a brief description of sites 417 and 418 which are commonly studied together.  

 

The general structure of the oceanic crust at sites 417/418 is dominated by cycles of massive flows 

and thick pillows, overlain by pillow lavas of decreasing diameter upwards, capped by volcaniclastic 



Chapter 3: Alteration of the oceanic crust at DSDP site 417 from a uranium isotopic perspective 
 

 - 137 - 

deposits (Robinson, 1980). The volcanic piles formed in short periods followed by extended 

periods of seafloor alteration of the volcanic surface. During amagmatic spreading periods, 

fragmentation, and titling of oceanic crust along listric faults lead to additional permeability for 

hydrothermal fluids (Karson, 1987; Varga, 1991). Core 417A is located on an abyssal high that 

rises ~ 150 m above seafloor at sites 417D and 418A; for a schematic representation of lithology 

of the sites, readers are referred to Staudigel et al. (1996). Site 417A shows a different style of 

alteration compared to 417D and 418A. Site 417A reflects more oxidative alteration than what is 

seen in 417D and 418A (Alt and Honnorez, 1984). Alteration in drill cores is dominated in veins, 

vug fillings and replacement of primary igneous minerals. Alteration minerals are dominated by 

clays, carbonates, and zeolites. A detailed description of alteration mineralogy of site 417 is 

presented in Alt and Honnorez (1984) and can be summarised as follows.  

 

Firstly, small amounts of saponite, chlorite and pyrite form in massive units disseminated 

throughout the rock at high temperatures, presumably during initial cooling of crust in near ridge 

axis settings; however, this is associated with little secondary chemical alteration. As the crust cools 

and moves towards off-ridge axis settings, alteration at lower temperatures below 50 °C occurs 

(Alt and Honnorez, 1984). Hydrothermal fluids up-well and mix with large volumes of oxygenated 

seawater, leading to the formation of minerals such as celadonite-nontronite green clays and Fe-

oxyhydroxides as void and crack filling material and olivine replacements, in most of 417A and 

down to 290 m in 417D, forming 1 to 2 cm black halos along cracks and pillow rims. This is 

associated with a general increase in FeT, Fe3+/FeT, K, Rb, H2O, CO2, as well as the ratios of 
18O/16O (ẟ18O) and 87Sr/86Sr. This is followed by a period of intense oxygenated seawater alteration 

along cracks and inter-pillow areas, represented as brown and light grey alteration zones in most 

of 417A and uppermost 417D. These alteration zones are dominated by replacement of olivine, 

plagioclase feldspar and glass with Fe-oxyhydroxides, smectites and K-feldspar, with increases in 

K, Rb, Fe3+, H2O, phosphorous (P), and ẟ18O. As conditions become more anoxic, either in deeper 

settings (most of 417D and lowest 417A) or following increased sediment cover and restriction of 

seawater access, minerals such as saponite, calcite and minor pyrite fill voids and cracks and replace 

olivine and plagioclase feldspar (Alt and Honnorez, 1984). This is associated with small increases 

in Fe3+, H2O, and ẟ18O and no notable changes in K, Rb or P. Lastly, zeolites and calcite overprint 

much of both drill cores, with analcite and natrolite replacing plagioclase feldspar and filling voids 

and veins in 417A, while in 417D minor amounts of phillipsite locally fill veins and replace 

plagioclase feldspar.  
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Overall highest concentrations of H2O and CO2 found in the upper 300 m of crust, with the range 

in concentration of these components decreasing with depth, indicating reducing degrees of 

alteration with depth (Staudigel et al., 1996). The highly oxidizing nature of 417A fluids with 

alteration at very high water to rock ratios is characterized by small amounts of carbonate 

precipitation (Staudigel et al., 1996).Samples from  417D and 418A mostly reflect modest to low 

water to rock ratio alteration. This is also indicated in the 87Sr/86Sr and ẟ18O compositions of 417A 

versus 417D and 418A, which reflect the addition of more seawater to 417A (Staudigel et al., 1995).  

 

From a U perspective, the supercomposite sample (made from lithological components of AOC 

mixed in proportion to their abundance to represent average AOC)  for 417/418 shows a near 

tenfold increase in U concentration compared to unaltered host rock (Staudigel et al., 1995). In a 

composite depth profile (lithological components of AOC from certain depth ranges mixed in 

proportion to represent an average section of AOC) U is highly enriched in the upper 200 m of 

417D and 418A, with still high, but lower amounts of U uptake seen in 417A. Uranium shows 

good correlations with K2O, indicating more U uptake with increased alteration. Correlations with 

CO2 also indicate that U may largely be incorporated into carbonates or by a secondary U-bearing 

phase that precipitates simultaneously with carbonate (Staudigel et al., 1996). The precipitation of 

calcite under anoxic conditions can lead to the high uptake of U as U4+ from the reduction of fluid 

soluble U6+ in modern oceans to insoluble U4+. Lower concentrations of U in highly oxidised 417A 

reflects the higher mobility of U6+ (Staudigel et al., 1995). The generally high uptake of U in 

417/418 and differential behaviour in different redox settings, e.g., 417A vs 417D, shows the 

potential for U isotopes to trace the variation in alteration processes occurring as a function of 

depth, style of alteration and, potentially, degree of alteration.  
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3.3 Methods 
 

Samples powders ready for chemical processing were provided by S. Chen (pers. comm). Uranium 

isotopic analysis was conducted at the Bristol isotope group. Other geochemical data (major and 

trace element geochemistry, and a selection of isotopic data) have been provided by S. Chen (pers. 

comm). 

 

Detailed methods for U isotopic analysis are given in chapter 2 and briefly summarised here. For 

the U isotopic measurements, sample preparation and analysis largely followed Andersen et al. 

(2015) with some modification. Approximately 1 to 2 g of sample powder was digested in pre-

cleaned Teflon PFA beakers using a HNO3: HF mixture (Chapter 2). Samples were spiked with 

the 233U − 236U IRMM-3636 double spike (Richter et al., 2008) aiming for a 236U/235U ratio of ~ 5. 

Samples were loaded in 40 ml of 1.5 M HNO3 onto 1 ml of TRU resin (100 – 150 mesh) in 

commercially available Bio-Rad Poly-Prep columns. Matrix was eluted in 30 ml of 1.5 M HNO3, 

before U was collected in 10 ml of 0.3 M HF – 0.1 M HCl. Samples were dried down, then loaded 

in 5 ml 3 M HNO3 onto 0.5 ml of UTEVA resin (100 – 150 mesh), for Th and U separation 

(Chapter 2). Samples were then dried and re-dissolved in a requisite amount of 0.2 M HCl for 

analysis, (aiming for [U] of 0.05 – 0.3 ug g–1) for isotopic analysis. This procedure achieved efficient 

removal of Th and monitored Th/U ratios during isotopic analysis were typically < 0.005.  

 

Uranium isotope compositions were measured on a ThermoFinnigan Neptune MC-ICP-MS (serial 

no. 1002) at the Bristol Isotope group in low mass resolution (M/ΔM ~ 2000, 5 − 95 % peak 

height definition). Each sample was preceded and followed by a measurement of the double-spiked 

(with a double spike proportion similar to samples) standard CRM-145. Samples were measured 

at varying concentrations, generally between 0.05 to 0.3 ug g−1, correlating to U consumption 

between ~ 0.015 to 0.080 ug per measurement. Procedural blanks were < 30 pg U, an insignificant 

amount compared to amount of U consumed per measurement. 

 

The measured double spike isotope ratio of 233U/236U was used with the exponential mass 

fractionation law to correct for mass fractionation of isotope ratios in samples and bracketing 

standards. Ratios were also corrected for the minute 238U, 235U and 234U contributions from the 

IRMM-3636 double spike (Condon et al., 2010; Hiess et al., 2012). Uranium isotope ratios for 
238U/235U and 234U/238U of samples are reported in ẟ notation with ẟ238U = [(238U/235USample / 
238U/235UCRM-145) – 1] and ẟ234U = [(234U/238USample / 234U/238UCRM-145) × −0.0386], by normalising 
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sample measurements to the average of bracketing CRM-145 analyses.  This removes second order 

non-exponential mass bias effects from the analyses. Note that ẟ234U values are reported relative 

to secular equilibrium, where the CRM-145 standard has a ẟ234U of −38.6 ‰ relative to secular 

equilibrium (Cheng et al., 2013). 

 

Long term external reproducibility at various measured U intensities has been estimated using 

aliquots of the well characterised reference material BHVO2 measured during different analytical 

sessions. The external reproducibility of ẟ238U and ẟ234U for BHVO2 at various intensities (e.g., 
238U = 200 to 1000 pA) ranges from 0.09 to 0.02 ‰ 2 SD and 4 to 0.9 ‰ 2 SD respectively. The 

external reproducibility of unknown samples has been determined from the long-term external 

reproducibility of BHVO2 measured at various intensities (Chapter 2). Repeat measurements of 

BHVO2 were used to approximate errors on the AOC samples measured in this study. For 

measurement of [Th], [U] and Th/U ratios, small amounts of samples (~ 50 mg) were dissolved 

and measured on an Element2 at the University of Bristol, see chapter 2 for details. 
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3.4 Results 
 

3.4.1 General uranium variations in DSDP 417 

 

The U isotopic composition of discrete samples of AOC from DSDP site 417 are given in table 

1, along with their U concentrations and Th/U ratios. Other geochemical data used in this work 

were provided from S. Chen (pers. comm).  

 

Discrete samples from DSDP 417 are split into DSDP sites 417A and 417D. The U concentration 

of all samples measured in this study range from 0.031 to 0.524 ug g−1. There is a clear negative 

correlation between the Th/U ratios and the U concentrations, indicating large amounts of U 

addition relative to Th (Fig. 1a). Relative to average N-MORB, from Gale et al. (2013), most 

samples are enriched in U with lower Th/U ratios. Some samples have concentrations below 

average N-MORB (e.g., < ~ 0.083 ug g−1), potentially indicating U loss. Site 417A has an average 

U concentration of 0.13 ug g−1 and ranges from ~ 0.02 to 0.3 ug g−1, while site 417D is slightly 

more enriched in U, average of 0.16 ug g−1 with a larger range from ~ 0.03 to 0.5 ug g−1. Site 417D 

also has on average Th/U ratios below 1, while site 417A averages slightly above 1 for Th/U, 

indicating a general higher U enrichment in site 417D.  

 

Samples show a range in ẟ238U > 0.9 ‰, which is over an order of magnitude greater than our 

long-term, two standard deviations. Values of ẟ238U range from ~ −0.7 ‰ to +0.2 ‰, and have 

an average (weighted by U concentration) of −0.373 ‰ ± 0.070 2SE, lower than average Atlantic 

N-MORB (−0.26 ‰ ± 0.03 2SE (Andersen et al., 2015)). Samples extend above and below the 

ẟ238U isotopic composition of modern seawater (−0.38 ‰ ± 0.023 95 % CI, (Kipp et al., 2022)). 

Site 417A is on average lower in ẟ238U than site 417D, with a (weighted by U concentration) ẟ238U 

value of −0.499 ‰ ± 0.073 2SE compared to −0.308 ‰ ± 0.103 2SE. There is a general increase 

in the spread of ẟ238U values of samples with increasing U concentration and consequently 

decreasing Th/U ratio and 1/[U] ratio (Fig. 1b-d), implying that U uptake is associated with U 

isotopic fractionation to lower and higher values than seawater and average N-MORB.  Higher 

ẟ238U compositions than average N-MORB, > −0.26 ‰, are only seen in samples with U 

concentrations over ~ 0.12 ug g−1, and particularly in those with extremely elevated U 

concentrations, e.g., over ~ 0.3 ug g−1. In comparison, compositions lower in ẟ238U than seawater, 

< −0.38 ‰, are seen in samples with U concentrations as low as ~ 0.03 ug g−1.  
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The ẟ234U isotopic compositions of samples show that 26 out of 31 samples are within secular 

equilibrium, ẟ234U = 0 (Fig. 2) and only 1 of the 5 samples out of secular equilibrium extend to 

values beyond ẟ234U = 0 ± 10 ‰ (DSDP-CS15 from 417A has a ẟ234U of 67 ± 4 ‰ 2SE, and this 

is also the sample with the lowest U concentration, 0.018 ug g−1). The few samples outside of error 

of secular equilibrium are also mostly from 417A (4 out of 5). This implies that most samples 

analysed here have remained externally unchanged in their U isotopic compositions for ~ two 

million years (time it takes for the 238U to 234U decay chain to reach secular equilibrium) There are 

no correlations between ẟ234U with ẟ238U or the U concentration of samples (Fig. 2).  
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Site Sample 
δ238U 

(‰) 
2SE 

δ234U 

(‰) 
2SE N 

U 

(ug g−1)+ 
Th/U msb* 

DSDP 

417A 

CS01 −0.676 0.015 9.5 0.8 3 0.302 0.21 11 

CS02 −0.393 0.042 −6.4 2.0 3 0.110 0.63 20 

CS04 −0.473 0.019 −0.5 1.0 2 0.175 0.48 35 

CS05 −0.555 0.019 −11.5 1.0 2 0.200 0.45 48 

CS06 −0.538 0.019 −0.1 1.0 2 0.216 0.34 63 

CS07 −0.610 0.043 −1.1 2.1 3 0.086 1.01 72 

CS10 −0.314 0.019 1.1 1.0 2 0.178 0.40 96 

CS12 −0.426 0.049 1.5 2.4 2 0.034 1.92 144 

CS13 −0.304 0.137 −2.2 6.2 1 0.031 2.01 158 

CS14 −0.445 0.049 −0.3 2.4 2 0.042 1.71 172 

CS15 −0.262 0.087 67.4 4.1 1 0.018 3.50 187 

CS16 −0.433 0.016 −0.7 0.8 3 0.267 0.28 203 

DSDP 

417D 

CS17 −0.599 0.044 1.9 2.2 1 0.048 1.44 7 

CS18 −0.585 0.044 −0.6 2.2 1 0.043 1.83 19 

CS19 −0.372 0.051 0.3 2.5 2 0.084 0.83 33 

CS20 −0.181 0.030 −1.1 1.6 1 0.122 0.59 42 

CS21 −0.289 0.041 −0.9 2.1 1 0.100 0.69 43 

CS23 −0.463 0.012 −1.4 0.7 5 0.524 0.14 67 

CS26 −0.298 0.032 0.2 1.7 1 0.147 0.47 101 

CS28 −0.233 0.014 −1.3 0.7 4 0.376 0.17 123 

CS30 −0.414 0.020 −0.4 1.1 2 0.254 0.29 198 

CS31 −0.526 0.044 −0.5 2.2 1 0.053 1.61 199 

CS32 −0.030 0.016 −0.1 0.9 3 0.339 0.17 218 

CS33 −0.733 0.022 −0.2 1.2 2 0.218 0.34 228 

CS34 −0.418 0.023 1.6 1.2 2 0.216 0.35 267 

CS35 −0.680 0.032 −2.3 1.7 1 0.143 0.49 286 

CS36 0.210 0.014 −1.5 0.7 4 0.360 0.18 298 

CS37 −0.485 0.067 −2.0 3.1 2 0.042 1.99 309 

CS38 −0.297 0.052 1.4 2.5 2 0.068 1.13 339 

CS39 −0.330 0.086 1.2 4.1 1 0.028 2.73 345 

CS41 −0.260 0.071 5.0 3.4 1 0.026 2.73 364 
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Table. 1. Uranium isotopic composition and concentration of  DSDP site 417 samples 

in this work. Errors are the 2 standard errors calculated from our repeat 

measurements of  BHVO2 reference material (Chapter 2). N refers to the number of  

repeat measurements. + Uranium concentrations from isotope dilution. * msb - 

meters sub-basement.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 1. Variations of  U geochemical systematics in holes 417A and D. a) Th/U ratio 

vs. U concentration. b) Uranium concentration vs. ẟ238U composition. c) Th/U ratio 

vs. ẟ238U composition. d) Inverse U concentration vs. ẟ238U composition. In b-d 

seawater composition (Kipp et al., 2022) is plotted as the blue vertical line. Errors 

bars are 2SE. N-MORB / Atlantic MORB U concentration and Th/U ratio is from Gale 

et al. (2013) and Atlantic MORB ẟ238U composition from average Atlantic N-MORB 

samples are from Andersen et al. (2015). Circ les are data from 417A and diamonds 

417D, coloured samples are from this study and white from Noordmann et al. 

(2016). 
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Fig. 2. Variation of  ẟ234U against (a) ẟ238U and (b) U concentration. Note that U 

concentration is on a log scale. Secular equilibrium, ẟ234U = 0, is shown as a black 

horizontal solid line. Symbols are the same as in figure 1, errors are 2SE.  

 

3.4.2 Variations with depth 

 

Samples from DSDP 417A and 417D clear relationships plotted against depth below basement 

(Fig. 3). Samples from 417A represent an elevated portion of oceanic crust, while those from 417D 

represent deeper portions of crust. Together they form a continuous section of oceanic crust from 

~ 0 to 360 msb. Noordmann et al. (2016) present data for four discrete samples from sites 417A 

(one sample) and 417D (three samples), and we include these in our analysis and interpretations. 

The shallowest sample in 417A has the highest U concentration in the section. Deeper samples 

show elevated U concentrations vs. N-MORB, down to ~ 150 msb. The next four deeper samples 

have low U concentrations (< 0.05 ug g−1), before a large increase in U concentration, 0.267 ug 

g−1, in the deepest sample in the section. Samples from site 417D show a general pattern of 

increasing U concentration with depth between ~ 0 to 300 msb. The deepest samples in site 417D 

have U concentrations, Th/U ratios and ẟ238U values similar to N-MORB and appear to reflect an 

unaltered composition. There is no clear correlation in Th/U ratio with depth, other than generally 

low Th/U ratios, < 2, down to ~ 340 msb where the Th/U increases to ~ 2.7 at greater depth.  

The largest variability in ẟ234U is seen in the shallowest samples of site 417A, ẟ234U from ~ −11 to 

+9 ‰ between 0 to 50 msb, bar sample DSDP-CS15 at ~ 187 msb with ẟ234U +67 ± 4 ‰ 2SE. 

There are no trends in ẟ234U with depth in site 417D samples. The clearest systematics in data are 

seen in ẟ238U with depth when comparing sites 417A and 417D together. A general negative 
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correlation between ẟ238U with depth, as indicated on figure 3c can be seen, where deeper samples 

are isotopically heavier. However, a number of samples at depth, below ~ 200 msb in site 417D 

are isotopically lighter than seawater and the deepest samples are indistinguishable from seawater 

and or N-MORB. Therefore, processes occurring in sites 417A and 417D can lead to low and high 

ẟ238U compositions, and these are likely related to specific processes at different depths below the 

seafloor.  
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Fig. 3. Variations of  U systematics with depth in meters sub-basement, (a) U concentration, (b) Th/U ratio, (c) ẟ238U composition 

and (d) ẟ234U composition. Symbols and reference lines are the same as in figure 1 and 2. Errors are 2SE.
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3.5 Discussion 
 

3.5.1 Uranium concentrations in DSDP site 417 

 

Relative to average N-MORB (0.083 ug g−1) most samples are elevated in U concentration, up to 

~ 0.6 ug g−1 (Fig. 3a). Site 417A shows a general trend of decreasing U concentration with depth, 

high concentrations up to ~ 0.22 ug g−1 above ~ 100 msb and then concentrations slightly below 

N-MORB, around ~ 0.05 ug g−1 (Fig. 3a), indicating a decrease in U uptake with depth. Samples 

from 417D show larger enrichments in U, but the same general pattern of decreasing U 

concentration with depth, bar the shallowest samples (~ 0 to 30 msb) that have concentrations 

around N-MORB (Fig. 3a). Samples below N-MORB concentration may reflect U loss, but the 

general low Th/U ratio of these samples (< 2) precludes this (Fig. 3b).  

 

The global compilation of N-MORB from Gale et al. (2013) (0.083 ug g−1) is ~ 0.05 ug g−1 higher 

than the ‘fresh’ 417/418 estimate (~ 0.035 ug g−1) from Kelley et al. (2005) that is based on the 

least altered sample from sites 417/418 (Fig. 4). Using the lower estimate for N-MORB, nearly all 

samples are enriched in U, with some close to the unaltered composition (Fig. 4a). The 

composition from Kelley et al. (2005) has a much lower Th/U ratio (~ 1.8) than would be expected 

for fresh MORB compositions, and implies that more samples have unaltered U compositions 

(Fig. 4b). The deepest samples in our dataset have Th/U compositions near the global N-MORB 

composition from Gale et al. (2013). As alteration intensity decreases with depth (Staudigel et al., 

1995), it seems reasonable that our deepest samples should reflect this trend. Using the 417/418 

‘fresh’ Th/U composition from Kelley et al. (2005), the deepest samples seem to have lost U (Fig. 

4b), which does not reconcile with the 417/418 ‘fresh’ concentration estimate (Fig. 4a). The U 

concentration estimates for baseline MORB however makes negligible difference to our 

interpretations i.e., the majority of samples show U addition, some may reflect U loss and U 

concentration shows a decrease with depth, reflecting lower degrees of alteration and U uptake. 

Therefore, while the differences in Th/U ratios are more significant between global N-MORB and 

a ‘fresh’ 417/418 sample, interpretations of data using either baseline are similar. Therefore, we 

find that comparing our data set to global N-MORB, as done above, a reasonable approach and 

continue to use this comparison.   
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Fig. 4. Depth variations of  (a) U concentration and (b) Th/U ratio as in figure 3. 

Red dashed line represents the 417/418 fresh MORB composition from Kelley et al. 

(2005). Symbols are the same as in figure 1. 

 

3.5.2 Uranium isotopic systematics in DSDP site 417 

 

The general trends of ẟ238U compositions in DSDP site 417A and 417D show similar systematics 

to that observed in other sections of AOC, e.g., 801C (Andersen et al., 2015) and 1256D (Andersen 

et al., In prep). In the abyssal high at site 417A, which has been extensively altered under 

oxygenated conditions, there are no ẟ238U compositions higher than Atlantic N-MORB (Fig. 3c). 

Samples are either similar to modern seawater (ẟ238U = −0.38 ± 0.023 95 % CI (Kipp et al., 2022)) 

or lower, (lowest ẟ238U sample = −0.676 ± 0.015 ‰ 2SE). In modern oxygen rich oceans, U is 

mainly present as uranyl carbonate complexes in the oxidised fluid soluble U6+ state (e.g., Andersen 

et al., 2017 and references therein). Uranium uptake with no redox change results in isotopic 

compositions that are similar to or slightly lower than starting compositions (Stirling et al., 2007; 

Weyer et al., 2008; Brennecka et al., 2011; Shiel et al., 2013; Romaniello et al., 2013). Under 

oxidising conditions, such as those present at site 417A where there is high water to rock ratios, U 

can be up taken into secondary phases as U6+. Brennecka et al. (2011) and Goto et al. (2014) show 

that U uptake associated with adsorption onto ferro-manganese (Fe-Mn) oxide surfaces, leads to 
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fractionation and lower ẟ238U values. Iron-manganese deposits show a relatively narrow range of 

ẟ238U compositions, ranging from −0.69 ± 0.06 to −0.59 ± 0.03 ‰ 2SD (Goto et al., 2014). These 

values are isotopically lighter than seawater and indicate U uptake in oxic conditions, where U6+ is 

up-taken with a preference for light U isotopes (e.g., 235U preferred over 238U). However, in our 

samples, as well as in other sections of AOC, compositions even lighter than Fe-Mn deposits are 

observed (e.g., DSDP-CS33 ẟ238U −0.733 ± 0.022 ‰ 2SE, 1256D 16R-1 88-95 ẟ238U −1.017 ± 

0.03 ‰ 2SE (Andersen et al., In prep)). Therefore, another process, other than sorption onto Fe-

Mn deposits, is likely needed to explain extremely light isotopic compositions.  

 

Isotopically light compositions have been seen in semi-restricted basins, associated with organic 

matter (Holmden et al., 2015; Hinojosa et al., 2016; Bura-Nakić et al., 2018) from organic U 

incorporation and or adsorption processes. Precipitation from fluids that already carry an 

isotopically fractionated light U composition could be responsible if they are from areas where 

isotopically heavy U has been previously precipitated. These fluids however would likely have low 

U concentrations, and in 417A, as in other sites (e.g., 1256D), the isotopically lightest samples have 

some of the highest U concentrations, e.g., DSDP-CS01 ẟ238U −0.676 ± 0.015 ‰ 2SE and [U] 

0.302 ug g−1, therefore we find this process unlikely. In the highly oxidising environment of 417A, 

alteration minerals such as celadonite and Fe-oxyhydroxides are prevalent throughout the core. 

Abiotic adsorption of isotopically light U onto alteration minerals may also explain the light 

isotopic compositions (Bach et al., 2003). Regardless of the process, it seems commonplace that 

in regions altered under oxidising conditions, such as shallow regions, or where percolating 

oxygenated seawater is prevalent, isotopically light U compositions are dominant, and a common 

feature in AOC.  

 

Site 417D shares similar features to those in 417A, but notably extend to ẟ238U compositions 

heavier than modern day MORB, up to +0.2 ‰. In the upper portion of 417D, ~ 0 – 100 msb, 

which overlaps in depth with the deeper portion of 417A, ẟ238U compositions are similar to or 

slightly lower than seawater, indicating U uptake in oxygen rich environments. Between ~ 120 – 

340 msb however there is bimodal distribution of compositions. Samples are either lower than 

seawater, or notably higher in ẟ238U, > −0.2 ‰. In the deepest section of 417D, samples DSDP-

CS39 and DSDP-CS41 have low U concentrations, 0.028 and 0.026 ug g−1 respectively, similar to 

the unaltered 417/418 estimate, Th/U ratios (~ 2.75) close to N-MORB (~ 3) a238U238U 

compositions indistinguishable from N-MORB, and thus we interpret these to represent unaltered 

samples of oceanic crust. 
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As discussed above, the light isotopic compositions are likely from the adsorption of U6+ to 

mineral surfaces, while the isotopically heavier samples reflect redox driven U uptake. Uranium 

isotopic fractionation is governed by mass dependent effects and the nuclear field shift effect, 

which operate in different directions, with the nuclear field shift effect however being the dominant 

control (Fujii et al., 1989; Bigeleisen, 1996a, 1996b, 1998; Fujii et al., 2006, 2009; Abe et al., 2008, 

2014), with heavy U isotopes (238U) being enriched in the reduced U4+ state. Where U undergoes 

a reduction from the fluid mobile U6+ to reduced U4+, which is fluid immobile, ẟ238U isotopic 

compositions can become increasingly heavy. This has been seen in reducing sediments (Weyer et 

al., 2008; Romaniello et al., 2013; Andersen et al., 2014), and redox driven roll front U ore deposits 

(Bopp et al., 2009; Brennecka et al., 2010; Murphy et al., 2014).  

 

The accumulation of sediments on top of oceanic crust leads to more restricted seawater fluid flow 

with time and depth in the oceanic crust. Alteration in deeper portions of the crust occur at lower 

fluid to rock ratios and / or with seawater that has already interacted with shallower portions of 

crust. Conditions are thus more anoxic and U reduction and incorporation into minerals can occur, 

leading to the uptake of large quantities of U into new forming minerals and isotopically heavy 

compositions. In 417D secondary carbonates are prevalent (Alt and Honnorez, 1984), while in the 

more oxic altered 417A, carbonate precipitation is minor (Staudigel et al., 1996). A strong positive 

correlation between CO2 and U concentrations was noted by Staudigel (1996, their figure 5), and 

U is interpreted to be mainly taken into secondary carbonates, such as calcite, during reduction 

process (Kelley et al., 2005).  

 

The reductive take up of U is associated with some of the largest U enrichments, with the two 

highest ẟ238U samples, DSDP-CS32 ẟ238U = −0.030 ± 0.016 ‰ 2SE and DSD-CS36 ẟ238U = 

+0.210 ± 0.014 ‰ 2SE having U concentrations of 0.34 and 0.36 ug g−1 respectively. This indicates 

the importance of reductive U uptake in controlling the strong U enrichments seen in oceanic 

crust overall. It has been noted from composite samples from 417/418 that 417A shows relatively 

less U enrichment, while those from 417D and 418A, altered under less oxidising conditions, have 

higher U concentrations (Staudigel et al., 1996). Isotopically heavy compositions are key for the 

overall composition of AOC, given that their typically high U concentrations will bias the mass 

balance of oceanic crust to potentially high ẟ238U compositions.  
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The reductive precipitation of U into new phases must however be a partial process. Complete 

reduction of U would result in quantitative U uptake, and no net isotopic fractionation, giving 

ẟ238U compositions of AOC similar to seawater (Andersen et al., 2015, In prep). A partial reductive 

process also means that residual fluids altering crust in anoxic conditions, would become enriched 

in light U, with increasingly lower U concentrations. This potentially explains the bimodal nature 

of ẟ238U compositions at depth in 417D (Fig. 3c). Samples with isotopically light compositions at 

similar depth to those with isotopically heavy compositions may have acquired their isotopically 

light U from the interaction with fluids that previously precipitated isotopically heavy U elsewhere. 

Another potential explanation however is the structural control on alteration and the percolation 

of seawater through the crust. Tectonic activity during amagmatic spreading causes fragmentation 

and tilting of the oceanic crust along listric faults (Karson, 1987; Varga, 1991), which is more 

prevalent in slow spreading oceanic crust, such as at site 417/418. This can result in localised 

additional permeability and allow oxygenated seawater to penetrate deeper into the crust. 

Therefore, the isotopically light compositions at depth in 417D may reflect the limited penetration 

of oxygen rich seawater to depth in the oceanic crust along fractured crust. To test these 

hypotheses, we can examine U correlations with other tracers of alteration such as K2O, ẟ18O, 
87Sr/86Sr, which trace alteration intensity or with Fe3+/FeT that traces alteration style, i.e., more 

oxidising, or more reducing. 

 

3.5.3 Variations of U with other tracers of alteration 

 

The concentration of K2O, which is enriched in oceanic crust during low temperature alteration, 

in DSDP 417 shows a general decrease with increasing depth (Fig. 5a), indicating a general decrease 

in alteration intensity with depth. The strong positive correlation between K2O and U 

concentration (Fig. 5b) reflects the similar enrichment levels of K2O and U. There is also a strong 

negative correlation between K2O concentration and ẟ238U in 417A samples as would be expected 

(Fig. 5c), where more enrichment in K2O, i.e., more enrichment and alteration, correlates with 

lower ẟ238U. However, in the 417D or the whole 417 samples there is no correlation (Fig. 5c). This 

showing that 417A reflects dominantly oxic alteration, while in 417D other process may be 

occurring such as alteration in reducing redox settings making trends more difficult to interpret.  

This is further seen from ẟ18O and 87Sr/86Sr and 87Sr/86Sri (ratios corrected for decay of 87Rb to 
87Sr) ratios. Oxygen and radiogenic Sr isotopes track the degree of alteration (Muehlenbachs and 

Clayton, 1976; Spooner et al., 1977) and both show a decrease with depth in DSDP 417 (Fig. 6), 

indicating lower amounts of seawater alteration at depth (Staudigel et al., 1995). There are some 
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slight positive correlations, in 417A and 417D separately, between ẟ18O and 87Sr/86Sr with U 

concentration (Fig. 7a-b), indicating higher U uptake with increased levels of alteration. There are 

similar to K2O, a strong negative correlation between ẟ18O and 87Sr/86Sr with ẟ238U in 417A 

samples and no correlation 417D samples or the whole sample set (Fig. 7c-d). This again showing 

that 417A reflects dominantly oxic alteration, while in 417D other process may be occurring such 

as alteration in reducing redox settings making trends more difficult to interpret. Uranium uptake 

does increase with more alteration, and in oxic settings, i.e., 417A, correlations between the U 

isotopic composition and tracers of alteration degree (K2O, ẟ18O, and 87Sr/86Sr ratios) show that 

ẟ238U in oxic settings may trace the degree of alteration and the overall level of alteration may exert 

a control on the degree of isotopic fractionation. However, where conditions may become more 

reducing such as at deeper depths, or where other process may occur the overall level of alteration 

is not itself controlling the U uptake mechanism and associated isotopic fractionation, and other 

factors may be necessary to explain ẟ238U compositions, in particular for samples from 417D.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 5. Variations of  K2O with (a) depth, (b) U concentration and (c) ẟ238U. Symbols 

are the same as in figure 1. A trend line for 417A samples is shown as a yellow 

dashed line with the associated R2 value. Note that in (b) and (c) the K2O 

concentration and U concentration is on a log scale. Errors are 2SE. Average N-

MORB for K2O wt % and U concentration is from Gale et al. (2013), and ẟ238U from 

Andersen et al. (2015).  
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Fig. 6. Depth variations of  (a) ẟ18O, (b) 87Sr/86Sr and (c) 87Sr/86Sr i.  Symbols are 

the same as in figure 1. Oxygen isotope compositions are relative to V-SMOW.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 7. Correlations between uranium concentration and (a) ẟ18O and (b) 87Sr/86Sr. 

No correlations between ẟ238U and (c) ẟ18O and (d) 87Sr/86Sr. Symbols are the same 

as in figure 1. In (c) and (d) A trend line for 417A samples is shown as a yellow 

dashed line with the associated R2 value. Oxygen isotope compositions are relative 

to V-SMOW. Errors are 2SE. 
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Circulation of oxidising seawater through the oceanic crust increases the Fe3+/FeT ratio, due to the 

oxidation of Fe2+ to Fe3+. The amount of ferric iron relative to ferrous iron decreases with 

increasing depth in DSDP 417 (Fig. 8a), showing the change from oxic alteration to more reducing 

with depth. When plotted against U concentrations, a positive trend is seen, whereby U 

concentrations are higher when Fe3+/FeT is higher, most pronounced in 417A, while the trend in 

417D is flatter (Fig. 8b). A clear negative correlation between Fe3+/FeT and ẟ238U is shown in 

samples from 417A (Fig. 8c). More oxidising conditions are associated with lower ẟ238U values, 

indicating large amounts of U6+ uptake or adsorption onto mineral surfaces. This implies that for 

U it is likely the redox potential of alteration conditions, rather than degree of alteration that 

controls U isotopic compositions during alteration.  

 

However, samples from 417D, which would be expected to continue this trend, i.e., reflect lower 

degrees of oxidising conditions (deeper depth) and thus higher ẟ238U compositions with lower 

Fe3+/FeT ratios, do not show the expected pattern (Fig. 8c), instead there is no trend. While there 

are generally lower Fe3+/FeT values, reflecting more reducing conditions, there is a spread in ẟ238U 

to high and low values (relative to seawater), at similar Fe3+/FeT levels. The U uptake can still be 

large, e.g., > 0.3 ug g–1, at low Fe3+/FeT levels ~ 0.4 (Fig. 8b), showing the potential of reductive 

U uptake to lead to high concentrations. Both oxidative and reductive processes may be 

responsible at depth for causing the variation 417D, compared to just oxic U uptake in 417A (Fig. 

3c, 8c).  

 

The higher ẟ238U in 417D are consistent with the trend of alteration conditions becoming more 

reducing with depth, where partial reduction of U6+ to U4+ and associated isotopic fractionation is 

dominant. However, lower ẟ238U values at similar Fe3+/FeT (~ 0.4 – 0.6) indicate the uptake of U 

in conditions similar to those at more oxidising conditions, i.e., Fe3+/FeT > 0.6. As discussed 

previously these light isotopic compositions could be reconciled if structural features in the crust 

allowed the percolation of oxygen rich seawater to depth, however this is inconsistent with the 

Fe3+/FeT ratios in these samples as this reasoning would predict high Fe3+/FeT ratios, which are 

not seen at depth. Therefore, another explanation is that these samples represent interaction with 

fluids that previously interacted with crust and precipitated U4+, creating higher ẟ238U 

compositions, leaving the fluid enriched in light U, that could interact with crust at a similar depth 

and redox conditions, leading to lower ẟ238U compositions. In 417D there are four low ẟ238U 

samples, DSDP-CS33 −0.733 ± 0.022 ‰ 2SE, DSDP-CS34 −0.418 ± 0.023 ‰ 2SE, DSDP-CS35 

−0.680 ± 0.027 ‰ 2SE and DSDP-CS37 −0.485 ± 0.067 ‰ 2SE at depths 228, 267, 286 and 309 
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msb respectively. These samples have lower U concentrations (0.218, 0.216, 0.143 and 0.042 ug 

g−1 respectively) when compared to a high ẟ238U sample, DSDP-CS36 +0.210 ± 0.027 ‰ 2SE, 

that is more enriched in U (0.36 ug g−1) at a similar depth, 298 msb. The low ẟ238U samples at 

depth may represent the interaction with fluids that have previously interacted with crust under 

reducing conditions, depleting them in U, but enriching in light U isotopes, even under reducing 

conditions at depth. For the heavy U isotopic compositions to be recorded, partial reduction is 

needed, thus any remaining U6+ needs to be flushed away from the sites, and this is perhaps what 

is seen in 417D. We acknowledge that structural features in the oceanic crust can allow for the 

percolation of oxygen rich seawater to depth which may also lead to low ẟ238U. However, the low 

ẟ238U compositions seen in 417D at depth better reflect the different mobility of U6+ and U4+and 

interaction with fluids that have previously precipitated heavy U elsewhere. Overall U isotopic 

systematics are useful tracers and, in some cases, may trace the degree of alteration in the oceanic 

crust, but more so trace the local physiochemical nature of alteration, i.e., oxidising or reducing.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 8. Variations in Fe3+/FeT with (a) depth, (b) U concentration and (c) ẟ238U. 

Symbols are the same as in figure 1. A trend line for 417A samples is shown as a 

yellow dashed line with the associated R2 value. An upper bound for Fe3+/FeT  of  

MORB (0.31) is used from Stolper and Keller (2018) and references therein. 

Average N-MORB for U concentration is from Gale et al. (2013), and ẟ238U from 

Andersen et al. (2015).   
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3.5.4 Timing of alteration processes 

 

The ẟ234U composition of our discrete samples allows us to infer some constraints of the timing 

of alteration processes. A deviation from secular equilibrium, ẟ234U = 0, implies 234U loss or gain 

relative to 238U within the past ~ two million years. The majority of our samples (all those from 

417D and most from 417A), are indistinguishable from secular equilibrium, within 5 ‰ 

(conservative estimate of long term 2SD (Chapter 2)) of 0. This implies that there has been little 

to no U addition or loss from the oceanic crust with the last few million years, and that deep 

sections of oceanic crust may be shut off from seawater circulation due to the accumulation of 

sediment with time.  

 

The upper section of 417A however shows some deviation away from secular equilibrium. The 

shallowest four samples have ẟ234U compositions ranging from −11 to +9 ‰. This may reflect the 

addition or loss of U within the last few million years. This perhaps unsurprising given that it is 

seen in the shallowest samples that are on a topographic high as well and have the highest 

likelihood of interacting with circulating seawater. However, as hydrothermal convection is 

thought to terminate at around 65 Myr into the age of cooling oceanic crust (Staudigel, 2014), there 

should be little to no seawater circulation in the 120 Ma site 417/418 (as there should be no heat 

flux to drive it).  

 

Contamination during drilling and or sampling is another feasible way to perturb ẟ234U 

compositions. Recent drilling into the oceanic crust could open new pathways for the circulation 

of seawater and lead to alteration that may be recorded in the time sensitive ẟ234U compositions. 

For example, sample DSDP-CS15 from near the base of 417A is anomalous compared to the rest 

of our samples, with very elevated ẟ234U, ~ +67 ± 4 ‰ 2SE. The sample however does have a 

ẟ238U composition similar to N-MORB, −0.262 ± 0.087 ‰ 2SE, and unaltered U concentration 

and Th/U ratio, 0.018 ug g−1 and 3.5 respectively. Seawater also has an elevated ẟ234U composition, 

~ 145.6 ± 0.3 ‰ (Kipp et al., 2022) and the admixture of recent seawater could thus explain the 

ẟ234U isotopic composition of this sample. However, in terms of Sr, which has long been shown, 

through 87Sr/86Sr initial ratios, to track the admixture of seawater during oceanic crust alteration 

(e.g., Staudigel et al., 1981), DSDP-CS15, has too low a 87Sr/86Sr initial composition to reflect the 

bulk mixing of large amounts of seawater (Fig. 9). Therefore, another process is needed to explain 

the high ẟ234U composition of this sample. Perhaps leaching of 234U from other parts of the crust, 

such as the upper parts of 417A (explaining the negative ẟ234U compositions in the upper section), 
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and transport to deeper sections of crust enriching them in 234U could explain the ẟ234U 

compositions seen. This is however not in line with the low U concentration in DSDP-CS15, but 

perhaps such a low U concentration, could mean that even small amounts of added 234U can have 

a large effect on the ẟ234U composition and not the ẟ238U or overall U concentration. It is unclear 

on the exact reason for the slight variability in ẟ234U in some samples in 417/418 and further work 

is needed on understanding how long chemical alteration of the oceanic crust may occur for. 

 

 

 

 

 

 

 

 

 

 

 

Fig. 9. Mixing curves between seawater and Atlantic N-MORB for (a) 87Sr/86Sr i and 

ẟ238U and (b) 87Sr/86Sr i and ẟ234U. Seawater Sr composition is from Staudigel et al. 

(1981) and U composition from Andersen et al. (2015) and Kipp et al. (2022). 

Symbols are the same as in figure 1. Errors are 2SE.  

 

3.5.5 Uranium uptake and isotopic fractionation in altered oceanic crust 

 

While there are numerous ocean drilling sites with detailed geochemical data with depth (Alt and 

Honnorez, 1984; Alt et al., 1986; Bach et al., 2001; Alt and Teagle, 2003; Bach et al., 2003; Kelley 

et al., 2003; Alt et al., 2010) there are only two other sites that have been well-characterised for 

their U isotopic composition (Andersen et al., 2015, In prep). Therefore, we focus our discussion 

and comparison of the site 417 data to these two ODP sites, ODP site 801C (Andersen et al., 

2015) and ODP site 1256D (Andersen et al., In prep). Both sites are located in the fast-spreading 

Pacific Ocean in ~ 170 Ma and ~ 15 Ma old crust, respectively. A similar pattern of isotopic 

variation in ẟ238U with depth is seen in ODP sites 801C, 1256D and our data from site 417. 

Shallower portions of oceanic crust are dominated by compositions isotopically similar to or lower 
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than seawater, e.g., ẟ238U ≤ −0.4 ‰, while deeper sections become isotopically heavier than 

seawater, up to values as high as ẟ238U ~ +0.2 ‰.  

 

Site 801C in the western Pacific is drilled into fast spreading, ~ 15 cm yr−1 (Bartolini and Larson, 

2001) oceanic crust and extends to 936 meters below seafloor (~ 462 m sediment cover), 

penetrating a total of 474 m of basement rock. Detailed descriptions of sequences and alteration 

in recovered cores is described elsewhere (Alt, 2003; Alt and Teagle, 2003; Hauff et al., 2003; Kelley 

et al., 2003). From the surface down, there are ~ 60 m of alkali basalt sills in sediments, followed 

by a 10 to 20 m thick hydrothermal silica iron deposit. This is underlain by ~ 400 m of tholeiitic 

MORB basalt, that makes up most of the drill-core. There are large enrichments of large ion 

lithophile elements, including U enrichments up to five times that of unaltered basement rock. In 

breccias located in inter-pillow regions and interflow hyaloclastites there are large amounts of 

carbonate and saponite, that exhibit strong alkali and U enrichment. Uranium is also locally 

elevated in zones associated with redox effects around alteration halos and in zones where 

carbonate, saponite and pyrite form in reducing conditions. The uptake of U is akin to a roll-front 

redox type U deposition pattern (e.g., Brennecka et al., 2010). Kelley et al. (2005) estimate that 

secondary carbonates and redox haloes hold ~ 50 % of the U budget in ODP 801C. Composite 

samples in Andersen et al. (2015) average lithologies from three depth ranges in the altered crust, 

0 to 110 m, 110 to 220 m and 220 to 420 m, as well as a supercomposite sample that is 

representative of the whole altered oceanic crust (Kelley et al., 2003).  

 

As with DSDP 417, there are depth variations in the U concentration and isotopic composition 

of ODP 801C. There is rough general decrease in U concentration with depth (Kelley et al., 2003 

their figure 6), with the supercomposite concentration, 0.39 ug g−1, being very similar to DSDP 

417/418 supercomposite 0.32 ug g−1 (Kelley et al., 2005). The shallowest composite sample is 

lower than seawater in ẟ238U, −0.436 ± 0.042 ‰ 2SE, the middle section is particularly high in 

ẟ238U, +0.164 ± 0.086 ‰ 2SE, and the deepest less so but still higher than seawater, −0.145 ± 

0.045 ‰ 2SE (Andersen et al., 2015). Discrete samples within the zones also agree with the 

composite samples (Andersen et al., 2015).  

 

This pattern of isotopically light U in upper sections of AOC and heavier signals with depth agrees 

well with the data from 417, indicating that similar processes of U addition to AOC occurs in 

different ocean basins. Notably Andersen et al. (2015) show that composites mixed of least altered 

basalts, most altered basalts and a bulk composite for the depth range, are remarkably similar in 
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ẟ238U, this indicating that the degree of alteration is not a significant factor in controlling ẟ238U 

compositions, agreeing with our observations. The supercomposite sample from this location is 

the only supercomposite of AOC with ẟ238U and perhaps best represents the composition of global 

subducting AOC, and it is high in ẟ238U, −0.170 ± 0.026 ‰ 2SE.  

 

Relative to the DSDP site 417 samples measured in this work, the ODP site 801C samples show 

less variation in U enrichment patterns. Samples from DSDP site 417 cover a large range of Th/U 

ratio from ~ 3.5 to ~ 0.2, showing some unaltered compositions, while the composite samples 

from ODP site 801C are all < 1 in Th/U ratio (Andersen et al., 2015). The range of ẟ238U is also 

wider in DSDP site 417, with compositions as low as ~ −0.8 ‰ and high as +0.2 ‰. Those in 

ODP site 801C do extend to similarly high values, but do not show very low ẟ238U, lowest ~ −0.5 

‰ (Andersen et al., 2015). Therefore, processes operating to create isotopically heavy 

compositions are likely similar in 417 and 801C, while those that generate isotopically light 

compositions may operate to a lesser degree in ODP site 801C. This could be due to the fast-

spreading nature of the crust at site 801C resulting in a smooth basement topography that may be 

sealed off quickly and efficiently by overlying sediment, restricting the amount of seawater flow, 

reducing the amount of oxic alteration (Alt and Teagle, 2003).  

 

Site 1256D in the eastern Pacific penetrates ~ 1250 m into fast spreading and young, 15 Ma, 

basement ( ~ 250 m sediment cover) Pacific oceanic crust (Alt et al., 2010). In brief, following the 

description of Alt et al. (2010), the core covers, 750 m of extrusive volcanic lavas, 30 m of a 

mineralised transition zone, 350 m of sheeted dikes and 120 m of a plutonic gabbro zone. The 

extrusive lava section is dominated by low temperature (< 150 °C) seawater alteration, forming 

minerals such as saponite, celadonite and Fe-oxyhydrides in zones similar to those in 417/418 and 

801C, i.e., veins and redox haloes surrounding veins. The transition zone shows higher 

temperatures of alteration resulting in greenschist mineral alteration from a mix of hydrothermal 

upwelling magmatic fluids and downwelling seawater. The sheeted dike section is a cross-cutting 

complex of subvertical dikes with mineralised margins and greenschist alteration that is fracture 

controlled. The plutonic section has undergone high temperature recrystallisation and losses of 

metallic elements, such as zinc and copper.  

 

In 1256D there is again a large range in ẟ238U compositions from −1 ± 0.02 ‰ 2SE in the volcanic 

section to −0.033 ± 0.03 ‰ 2SE in the transition zone (Andersen et al., In prep). As in site 417 

and 801C, there is general pattern of isotopically light values in the upper sections of crust, 
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reflecting oxic alteration, while in deeper portions of crust and with more restricted fluid flow, 

anoxic alteration can dominate leading to isotopically heavy U compositions (Andersen et al., In 

prep). However, it should be noted that site 1256D extends much deeper than sites 417 and 801C. 

The upper 700 m of extrusive lavas in 1256D show ẟ238U compositions reflecting uptake of U 

under oxic conditions. Compositions reflecting reducing U4+ uptake, are not seen until the 

transition zone, ~ 750 m into basement, while in 417 and 801C, reducing U4+ uptake is seen within 

the upper 500 m of oceanic crust. It is unclear why the patterns with depth are similar at different 

sites, but the transitions from dominantly oxic to reducing alteration as indicated by U isotopes do 

not occur at similar depths, a potential cause is how the structure of the crust has a control on 

migrating fluid pathways.  

 

The ẟ234U data from site 1256D, where 25 out of the 49 samples are outside of secular equilibrium 

(above or below ẟ234U ± 10 ‰), reflects that the site experienced U mobility within the last ~ two 

million years (Andersen et al., In prep). Sites 417 and 801C are both in old oceanic crust, 120 and 

170 Ma respectively, while site 1256D is in young 15 Ma oceanic crust. Therefore, alteration 

processes are likely not ongoing anymore at sites 417 and 801C (most samples within secular 

equilibrium), while, despite a lack of evidence for current hydrothermal activity and heat flux at 

1256D (Wilson et al., 2006), ẟ234U data suggest that significant alteration has occurred recently in 

this part of the crust (Andersen et al., In prep).  

 

Overall U isotopic data from sites 1256D, 801C and 417 all show similar patterns of U uptake 

during alteration of the oceanic crust. Oxidising U uptake in shallower regions leads to low ẟ238U 

whereas U uptake due to partial reduction of U6+ to U4+ in deeper regions, leads to higher ẟ238U. 

The dominance of different alteration styles changes with depth and may change with the age of 

oceanic crust, as sediment cover builds up and seawater flow through the oceanic crust becomes 

more restricted. Variations at depth however may contradict expected behaviours where other 

processes might occur such as fractures in the crust (creating fluid pathways of oxygen rich fluids) 

or interaction with discrete packages of isotopically evolving fluids at lower water / rock ratios.  

 

3.5.6 Uranium budget in altered oceanic crust 

 

The combined U isotopic data from three well studied oceanic drill cores, ODP site 801C 

(Andersen et al., 2015), ODP site 1256D (Andersen et al., In prep) and DSDP site 417 (this study), 

shows that the general processes for U uptake are similar across modern day oceans. However, 
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the crustal structure and age of the oceanic crust may control the overall level of oxic and reducing 

U uptake at individual sites. We plot all discrete and composite samples of AOC to show the 

general trends identified (Fig. 10). A large number of samples can be identified as “little altered 

MORB”, these are samples with Th/U ratios over 2 or U concentrations around 0.1 ug g−1 and 

below (Gale et al., 2013). These samples have isotopic compositions similar to modern day 

seawater and fresh MORB, reflecting small degrees of U addition during alteration or no U 

addition (potentially reflecting samples from deep sections of oceanic crust where little alteration 

occurs).  

 

Samples that extend to low Th/U ratios (Fig. 10a) and high U concentrations (Fig. 10b), below 2 

and up to ~ 0.5 ug g−1, with ẟ238U compositions lower than modern day seawater, extending to ~ 

−1 ‰, reflect oxic uptake of U, where U6+ is adsorbed onto mineral surfaces (e.g., Fe-

oxyhydroxides), generally at shallow depths (but not always e.g., 417D) in the oceanic crust. 

Samples with Th/U ratios dominantly below 1, and extending to higher U concentrations, ~ 1.5 

ug g−1, with dominantly higher than modern N-MORB ẟ238U compositions up to ~ +0.2 ‰, reflect 

the uptake of U during partial reduction processes, where U6+ is partially reduced to U4+ and 

incorporated into minerals such as carbonates, predominantly at depth in the oceanic crust.  

 

Where uptake of U in the oceanic crust becomes quantitative, there is little to no net isotopic 

fractionation and samples have ẟ238U compositions similar to modern day seawater and or modern 

N-MORB (Andersen et al., 2015). These samples are better highlighted on a plot of Th/U against 

ẟ238U and have Th/U ratios below 2 (Fig. 10a). On a plot of U concentrations versus ẟ238U, 

quantitative U uptake samples show varying U concentrations from near N-MORB to the highest 

measured ~ 2.6 ug g−1 (Fig. 10b). This likely reflects the different degrees that quantitative uptake 

in different drill sites represents, i.e., highest in 801C, then 417 and lowest in 1256D. This 

potentially reflects the continual uptake of U with age, which can be shown as a general increase 

in U concentration when comparing data on several ocean drilling sites of increasing age (table 2, 

Fig. 11a).  

 

Following the method of Andersen et al. (In prep their table 3 and figure 8) we show the U 

concentration of drill sites and the corresponding weighted ẟ238U composition (Fig. 11). As noted 

by Andersen et al. (In prep) the level of relative U enrichment (U concentration of AOC relative 

to a fresh composition from the same site) is < ~ 4 (i.e. four times more U in AOC than fresh 

sample) for sites younger than 20 Ma and > ~ 8 (i.e. eight times more U in AOC than fresh sample) 
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for sites older than 100 Ma (Fig. 11a). While data on drill holes between ~ 20 and 100 Ma is sparse, 

this trend potentially indicates continual U uptake over time. As for the weighted mean ẟ238U 

compositions, table 2, we update the 417 datum previously based on four discrete samples from 

Noordmann et al. (2016), to evaluate the U isotopic change over time in AOC (Fig. 11b). Our 

weighted 417 data is similar to 1256D, reflecting more oxic alteration compared to the higher 

values at 801C for the weighted mean or supercomposite, consistent with more reducing alteration. 

However, this hides some complexity, at site 417, as drill hole 417A is located on an abyssal high 

that shows largely only oxic alteration conditions (Staudigel et al., 1996). The weighted mean ẟ238U 

composition for just 417A is relatively low, −0.499 ± 0.073 ‰ 2SE, consistent with dominant oxic 

alteration, that biases the overall 417 composition, −0.373 ± 0.070 ‰ 2SE. Site 417D has a slightly 

higher ẟ238U composition, −0.308 ± 0.103 ‰ 2SE, overlapping with the 801C weighted and 

supercomposite mean, but importantly not significantly different to unaltered MORB. Continuous 

U uptake under more reducing conditions at depth as crust ages can explain the signatures seen in 

older portions of oceanic crust, e.g., 801C (Andersen et al., In prep), but local features at other 

sites, e.g., 417A being an abyssal high, need to be considered in assessing the global U budget in 

AOC. 
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Fig. 10. Compilation of  ẟ238U compositions in altered oceanic crust showing trends 

in data (a) with Th/U variation and (b) U concentration. Errors are 2SE. Blue 

samples are little altered MORB, green oxic uptake, red partial reduction uptake and 

yellow quantitative uptake. Square samples are from site 1256D, triangle site 407 

(b only), circ les site 417/418 and diamonds site 801C. Note that groups are defined 

based on Th/U ratio, so some samples may plot outside of  main group when looking 

at U concentration.
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Altered oceanic crust 

Site Age  

(Ma) 

Region ~DIB  

(m) 

Spreading type [U] MORB  

(ug g−1) 

[U] AOC  

(ug g−1) 

Relative U  

enrichment 

ẟ238U 

 (‰) 

2SE 

332B/333A/333B* 3.5 Atlantic 600 Slow 0.1 0.253 2.5a   

504B 5.9 E. Pacific 1800 Intermediate 0.016 0.055 3.4b   

U1382/U1383 8 Atlantic 600 Slow 0.06 0.140 2.3c   

1256D 15 Pacific 1250 Fast 0.05 0.093 1.9d −0.37g 0.07 

417/418  120 Atlantic 550 Slow 0.034 0.321 9.2e −0.20h 0.22 

417 −0.37i 0.07 

417A −0.50i 0.07 

417D −0.31i 0.10 

801C Supercomposite 167 W. Pacific 400 Fast 0.044 0.390 8.9f −0.17j 0.05 

Mean −0.23k 0.08 
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* Leg 36 

DIB – Depth in basement 

Relative U enrichment calculated as [U] AOC / [U] MORB 

a – Mitchell & Aumento (1977); Averaged (MORB estimate site 335) 

b – Bach et al. (2003); Averaged 

c – Türke et al. (2015); Averaged (MORB estimate average all Th/U > 2) 

d – Average Harris (2011) 

e – Staudigel et al. (1995, 1996); Supercomposite from Kelley et al. (2005) 

f – Kelley et al. (2003, 2005); Supercomposite from Kelley et al. (2003) 

g – Weighted mean from Andersen et al. (In prep) 

h – Weighted mean from Noordmann et al. (2016) 

i – Weighted mean this study 

j – Supercomposite from Andersen et al. (2015)  

k – Weighted mean from Andersen et al. (2015) 

 

Table 2. Recreated and updated from Andersen et al. (In prep), approximated average U concentrations, enrichments, and isotopic 

composition in oceanic crust.
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Fig. 11. Recreated and updated from Andersen et al. (In prep). Age of  altered 

oceanic crust versus (a) Relative U enrichment and (b) ẟ238U composition, for a 

range of  DSDP / ODP / IODP sites. See table 2 for details. In (b) the various 

estimates for 417/418 and 801C have been separated in age artificially so 

comparisons can be seen.
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3.5.7 Implications for mantle inputs 

 

The behaviour and budget of U in the AOC is inherently important for crustal recycling and 

understanding the generation of chemical heterogeneity within the mantle. To this end it is 

necessary to assess what the composition of average global subducting AOC is. As discussed, 

changes in the U budget of AOC are related to (i) the age of the crust and (ii) the spreading rate. 

Older crust may predominantly be isotopically heavy in U, e.g., 801C supercomposite (Andersen 

et al., 2015). Crust at fast spreading ridges may also dominantly show more reducing alteration, 

due to smooth basement topography and fast sediment accumulation leading to a better and faster 

sealing of the oceanic crust and more restricted seawater flow (lower water to rock ratios), e.g., 

801C. Given that the majority of modern subducting crust is fast (Alt and Teagle, 2003), and the 

average age of subducting crust is ~ 60 Myr (Jarrard, 1986), crust of composition similar to 801C 

may be the dominant composition that subducts. Another consideration is how to effectively 

average the composition of the AOC. Many studies have shown that supercomposite samples are 

effective in this regard (e.g., Staudigel et al., 1995; Kelley et al., 2003). The U data from the ODP 

site 801C supercomposite (Andersen et al., 2015) may represent our best representation of what 

enters subduction zones, as it effectively averages the AOC. Nevertheless data on discrete samples, 

site 1256D (Andersen et al., In prep) and site 417 (this study) are necessary to elucidate on the 

overall processes occurring and the total range of compositions during the alteration of the oceanic 

crust.  

 

One final consideration is that these processes are based on modern sections of oceanic crust, and 

thus occur under oxygen rich bottom water conditions. Oxygen levels on the Earth’s surface and 

in the oceans have varied over geological timescales (Lyons et al., 2014 and references therein). 

Therefore, given the redox sensitive nature of U, its behaviour has likely changed over geological 

time. As noted by Andersen et al. (2015), under anoxic seawater conditions, dominant before the 

second rise in atmospheric oxygen (and fully oxygenated deep oceans), U uptake was likely 

quantitative with no significant isotopic fractionation. This implies that the composition of AOC 

was likely similar to the mean ẟ238U of rivers (major U input to oceans) which today is similar to 

bulk silicate Earth (Noordmann et al., 2012; Andersen et al., 2015).  If there was a similar U riverine 

input to the oceans since the great oxygenation event, quantitative U uptake in AOC until the 

second rise in atmospheric oxygen, should not lead to pollution of the mantle with isotopically 

distinct U. However once deep oceans became fully oxygenated, the isotopic characteristics seen 

in modern day AOC could be generated, through U isotopic fractionation during uptake, and lead 
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to the pollution of the mantle with isotopically distinct U, potentially recorded in modern day N-

MORB (Andersen et al., 2015). The timing of the second rise in atmospheric oxygen and fully 

oxygenated deep oceans is debated, and timescales range from ~ 850 – 400 Ma (Canfield et al., 

2007, 2008; Scott et al., 2008; Sahoo et al., 2012; Dahl et al., 2014; Lyons et al., 2014; Sperling et 

al., 2015; Sahoo et al., 2016). Recently, ophiolites (portions of preserved ancient oceanic crust) 

have been used to infer conditions of past deep oceans using Fe3+/FeT as a proxy for ocean 

oxygenation (Stolper and Keller, 2018). We suggest that U isotopes are able to constrain the time 

window of deep ocean oxygenation, as the isotopic compositions seen today in AOC requires 

oxygen rich deep water. Therefore, the ẟ238U compositions of ophiolites spanning a large time 

range may trace the onset of deep ocean oxygenation, as ẟ238U isotopic compositions prior to 

oxygenated deep oceans will be more homogenous compared to modern day AOC.  
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3.6 Conclusions 
 

We have presented a set of high precision U concentration and isotope data for a set of discrete 

samples from DSDP site 417 (417A and 417D), located in old ~ 120 Ma Atlantic Ocean slow 

spreading oceanic crust (Donnelly et al., 1980). Our data agree well with and expand upon 

previously published data from the same site (Noordmann et al., 2016) and other crustal sections 

(ODP site 1256D (Andersen et al., In prep) and ODP site 801C (Andersen et al., 2015)). The total 

dataset of U systematics in AOC shows that U uptake during alteration and associated isotopic 

fractionation creates isotopic heterogeneity both spatially and temporally.  

 

Upper sections of oceanic crust (upper few hundred meters) are generally altered under oxidising 

high fluid to rock ratio conditions, leading to low ẟ238U relative to seawater. With time (as fluid 

flow through becomes more restricted due to increasing sediment cover) and with depth, alteration 

occurs with lower fluid to rock ratios and under more reducing conditions. This leads to higher 

ẟ238U relative to seawater. However, our DSDP 417 data show isotopically light values at similar 

depths to samples with isotopically heavy compositions, that may indicate the interaction with 

fluids that have previously precipitated isotopically heavy U elsewhere. This indicates that while 

widespread global characteristics are consistent between ocean basins, smaller scale stochastic 

features are evident in individual ocean drill core sites.  

 

Weighted by U concentration, averages of ẟ238U compositions show that AOC compositions can 

be isotopically perturbed from bulk silicate Earth and thus have the potential to influence the 

isotopic composition of the silicate interior through crustal recycling. However, it is still uncertain 

how best to average the AOC to approximate the inputs to subduction zones. While studies such 

as this work, on discrete samples are useful to investigate the range of compositions in AOC, 

composite samples perhaps best represent subducting compositions (Andersen et al., 2015). 

Future work on other sections of AOC, including composites and supercomposites, will continue 

to elucidate U systematics, and studies on the U host mineralogy in AOC are needed for a better 

understanding of U behaviour in subduction zones and further into the mantle. The U isotopic 

systematics in AOC also has the potential to inform us on the timings of oxidation changes on the 

Earth’s surface, as its behaviour during alteration is redox potential dependent.  
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4.1 Introduction 
 

The geochemical cycle of uranium (U), a redox sensitive element, has changed over geological 

history in response to changing atmospheric and oceanic oxygen concentrations. Prior to the great 

oxygenation event (GOE) at ~ 2.4 Ga (Holland, 2002), U at Earth’s surface showed little fluid 

mediated redistribution to the oceans, being locked in the continents as fluid immobile U4+. After 

2.4 Ga, increasing atmospheric oxygen abundance leading to oxidation of U to fluid mobile U6+ 

could result in significant fluxes of U from the continents to the oceans via continental weathering 

and riverine transport (Holland, 2002, 2006; Lyons et al., 2014).  

 

Uptake of U into the upper portions (~ 500 m) of the altered oceanic crust (AOC) through mainly 

off-axis low temperature seawater alteration can enrich U up to an order of magnitude (Hart and 

Staudigel, 1982; Staudigel et al., 1995; Bach et al., 2003; Kelley et al., 2003). Recycling of this 

ultimately continental derived U into the mantle, via subduction, has been linked to a decrease in 

the mantle thorium (Th) – U ratio since the GOE (Zartman and Haines, 1988; McCulloch, 1993; 

Collerson and Kamber, 1999; Elliott et al., 1999). Thorium is a useful comparison to U as they 

behave similarly during mantle melting, both being tetravalent species and incompatible (Calas, 

1979), but unlike U, Th is fluid immobile, redox insensitive and, shows little response during 

oceanic crust seawater alteration. The recycling of excess U into the mantle can also be traced in 

natural isotopic variations in 238U/235U ratios in the upper mantle (Andersen et al., 2015). The 

‘supercomposite’ sample (made from lithological components of AOC mixed in proportion to 

their abundance to represent average AOC (Staudigel et al., 1995; Kelley et al., 2003)) from the 

Jurassic-aged Pacific ODP site 801C, is isotopically heavier than normal mid-ocean ridge basalt 

(N-MORB), ocean island basalts (OIB), and bulk silicate Earth (BSE). In general, OIB have 
238U/235U ratios similar to BSE whereas N-MORB is shifted to higher (super-chondritic) values 

towards average AOC, potentially indicating the pollution of the upper mantle source of N-MORB 

with recycled oceanic crust (Andersen et al., 2015). 

 

A wider set of analyses from deep sea drilling project (DSDP)/ocean drilling program (ODP) sites 

(801C, 1256D and 417/418) have yielded further detail on the behaviour of U in AOC (Andersen 

et al., 2015; Noordmann et al., 2016; Andersen et al., In prep; Chatper 3) (Fig. 1). Uranium 

enrichment in AOC may occur over the full evolution of the oceanic crust, or at least over 

prolonged timescales (e.g., ~ 65 Myr, the estimated timescale of hydrothermal convection in the 

crust (e.g., Staudigel, 2014)), with older crust showing higher [U] enrichments, (Andersen et al., In 
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prep; Chapter 3). The enrichment and redistribution of U in the oceanic crust during seawater 

alteration is associated with isotopic fractionation that results in AOC having heterogenous 
238U/235U compositions, with values both isotopically heavier and lighter than seawater and 

unaltered MORB (Fig. 1). Oxic adsorption of U6+ onto secondary mineral surfaces, such as iron 

(Fe)-oxyhydroxides, favours lighter U isotopes. More reducing conditions during sweater 

alteration can result in partial reduction of U6+ to U4+ and its incorporation into secondary minerals, 

such as calcite, favouring heavier U isotopes (Andersen et al., 2015, In prep; Chapter 3) (Fig. 1). 

With increasing cooling of the oceanic crust and increasing overlying sediment package thickness, 

the flow of oxidising seawater through the crust is restricted making conditions increasingly 

reducing and the average 238U/235U may become heavier over time (Andersen et al., In prep). 

Quantitative U uptake results in little to no net isotopic fractionation relative to seawater. Overall, 

the behaviour of U during seawater alteration of modern oceanic crust results in isotopic 

heterogeneity in the 238U/235U ratio that is distinct from the narrow range in 238U/235U defined by 

fresh unaltered N-MORB (Andersen et al., 2015) (Fig. 1). 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 1. Thorium - uranium ratio vs. ẟ238U for altered mafic oceanic crust samples from 

DSDP / ODP holes 801C, 417 and 1256D. Grey data points are samples that are 

c losest in composition to fresh unaltered N-MORB (black, inverted triangles). 

Samples with lower Th/U imply greater U uptake but under different conditions: 

green data points are samples that are isotopically light (oxic U6+ uptake), yellow 

data points are samples that are similar to MORB or seawater in ẟ238U and indicate 

quantitative U uptake, red data points are samples that are isotopically heavy (partial 
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reduction of  U6+ to U4+ uptake). Data are from Andersen et al. (2015) site 801C 

and N-MORB, Andersen et al. (In prep) site 1256D and chapter 3 site 417.  

Uranium isotopic heterogeneity in AOC requires U6+ to be stable in the deep oceans, as isotopic 

fractionation in 238U/235U is driven by preferential sorption of U6+ to mineral surfaces and partial 

reduction of U6+ to U4+ and incorporation into minerals, both which require oxygenated deep 

oceans (Fig. 2). The oxygen content of the deep oceans, much like atmospheric oxygen content, 

has changed over geological history (e.g., Lyons et al., 2014). A second notable rise in atmospheric 

oxygen to levels similar to the modern day in the Neoproterozoic (~ 600 Ma) is interpreted from 

marine records and the diversification of animal life (Canfield et al., 2007; Sahoo et al., 2012; Lyons 

et al., 2014 and references therein), although the exact timing is heavily debated. It was not until 

this second rise in oxygen (Neoproterozoic oxygenation event) that the deep oceans may have 

become oxygenated. Prior to this event, seawater with dominant anoxic conditions would lead to 

quantitative U removal from the oceans with little to no isotopic fractionation, resulting in a 

relatively isotopically homogeneous oceanic crust (Andersen et al., 2015; Chapter 3). The 

prevalence of banded iron formations (BIFs) in the geological record between 2.4 – 1.8 Ga has 

long been used as evidence for anoxic oceans. The disappearance of BIFs after 1.8 Ga was first 

suggested to reflect the oxygenation of the oceans (Holland, 1984), but other causes for BIF 

disappearance have been suggested e.g., oxidation of Fe in sulphidic oceans (Canfield, 1998). 

Recent studies point towards ferruginous rather than sulphidic oceans throughout the Proterozoic, 

with large Fe deposits found post 1.8 Ga, suggesting other controls on deposits such as strong 

hydrothermal inputs (e.g., Planavsky et al., 2011; Lyons et al., 2014 and references therein).  

 

The evolution of deep ocean conditions through the Proterozoic is a highly debated topic, with 

potentially fluctuating sulphide and iron rich conditions throughout. Studies have recently focused 

on the time range of 850 – 400 Ma for the period of deep ocean oxygenation, as this represents a 

key time period in the evolution of complex life (Canfield et al., 2007, 2008; Scott et al., 2008; 

Sahoo et al., 2012, 2016; Dahl et al., 2014; Lyons et al., 2014; Sperling et al., 2015). However, many 

of these studies may reflect local changes rather than global changes, as they are based on 

sediments from continental slopes, they may not be true proxies for the deep oceans of the abyssal 

plain. The large time window and continued debate on appropriate proxies calls for further study, 

using new elemental and isotopic proxies. 
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Fig. 2. Cartoon of  U uptake into the oceanic crust as a function of  age / distance 

from ridge axis, depth, and redox conditions. Sketch of  oceanic crust is based on a 

figure from Erzinger (1989). 

 

Uranium isotopes hold the potential to constrain the onset of an oxic ocean because the isotopic 

heterogeneity measured in modern AOC requires oxygenated deep oceans (Andersen et al., 2015, 

In prep; Chapter 3). Therefore, identifying when AOC first shows notable U isotopic heterogeneity 

could help constrain when deep oceans were oxygenated. Better constraining when deep oceans 

became oxygenated, as well as representing a major change in surface conditions for biological and 

geological processes, indicates how long isotopically distinct U has been recycling into and 

polluting the mantle (Andersen et al., 2015), which further informs us about the timescales of 

mantle mixing and the generation of chemical heterogeneity in the mantle.  

 

Ophiolites represent pieces of ancient oceanic crust that have been preserved by obduction onto 

the continents. They offer a true proxy for the deep oceans, allowing us to probe the conditions 

of ancient deep ocean waters. Stolper and Keller (2018) employed the geochemical record carried 

in ophiolites to study the oxygenation of the deep oceans, using the ratio of Fe3+/FeT in extrusive 

section samples, ranging back to 3.5 Ga. The circulation of oxygen rich seawater through the 

oceanic crust oxidises Fe2+ to Fe3+, elevating its Fe3+/FeT ratio. Ophiolites with values of Fe3+/FeT 

above the modern day unaltered MORB upper bound of 0.31 indicates oxygenated deep oceans, 

which is not seen consistently until the Phanerozoic and possibly late Palaeozoic (< 420 Ma). 

Following this work and taking a similar approach of using ophiolites to study past ocean 

conditions, we herein measure the natural isotopic variations in U and Th/U ratios in sample sets 
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from three ophiolites. Our samples range in age from ~ 750 to ~ 480 Ma, including the 750 Ma 

Gabal Gerf (Zimmer et al., 1995), 540 Ma Khantaishir (Gianola et al., 2019), and 480 Ma 

Annieopsquotch (Lissenberg et al., 2005) ophiolites. By characterising the alteration processes 

occurring in ancient vs. modern oceans using U, we here aim to better constrain the time window 

of deep ocean oxygenation. 
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4.2 Geological location and samples 
 

The Annieopsquotch ophiolite in Newfoundland Canada is the structurally highest ophiolitic 

massif in the Annieopsquotch accretionary tract (Lissenberg et al., 2005). Formed during the 

Ordovician and obducted onto land during the closure of the Iapetus Ocean, it preserves a ~ 480 

Ma (U/lead (Pb) zircon age) (Dunning and Krogh, 1985) inferred 5.5 km thick section of oceanic 

crust as gabbro (3 − 3.5 km), sheeted dykes (1.5 – 2 km) and pillow lavas (0.5 km). Hydrothermal 

ocean floor alteration is recorded in the Annieopsquotch ophiolite belt to various degrees, as well 

as accretion related metamorphism. Geochemical signatures indicate that the Annieopsquotch 

ophiolite belt is formed from an early phase of boninitic melts, followed by tholeiitic gabbro, 

sheeted dikes and lavas that dominant the ophiolite (Lissenberg et al., 2005). Tholeiitic magmas 

initially had suprasubduction zone geochemical signatures which decreased with time, giving the 

majority of the sequence a composition similar to N-MORB (Lissenberg et al., 2005). The oceanic 

crust is thought to have been accreted to the Dashwoods microcontinent within 10 Myr of the 

tholeiitic sequence formation (Lissenberg et al., 2005). Samples analysed in this work are from the 

upper sections of the ophiolite and include samples from the sheeted dykes and extrusive sections. 

 

The Khantaishir ophiolite in Western Mongolia forms part of the Central Asian orogenic belt. Part 

of the Lake Terrane, it is thought to be a remnant of the Palaeo-Asian Ocean, a portion of the 

Palaeo-Pacific Ocean (Gianola et al., 2019). The Khantaishir ophiolite has a well exposed and 

studied mantle section of harzburgites, pyroxenites and minor dunites. The lower section of crust 

is gabbro, minor gabbronorites and tonalites. The upper section of crust is represented by a sill 

and dyke complex that is overlain by pillow lavas. The ophiolite can be split into two massifs, the 

Naran massif in the east, composed of a 4 km mantle section, with a thin crust of 0.8 km gabbro, 

0.2 km sill and dyke complex capped by 0.3 km of pillow lavas. The second massif in the west, the 

Taishir massif is composed of a 2 km mantle section, overlain by 1.8 km of gabbro, a 1 km sill and 

dyke complex that is overlain by a 1.5 km thick pillow lava sequence (Gianola et al., 2019). Age 

data for the Khantaishir ophiolite is relatively scattered, with samarium-neodymium dating at 532 

± 40 Ma for the Taishir massif and 540 ± 12 Ma for the Naran massif (Gianola et al., 2019) and 

U/Pb dating of plagiogranites giving ages of 537 ± 8 Ma and 566 ± 7 Ma (Jian et al., 2014; Gianola 

et al., 2019). Based on these results the Khantashir ophiolite can be dated to ~ 550 – 530 Ma 

(Gianola et al., 2019), and we use the age of 540 ± 10 Ma going forward. The age of obduction is 

514 ± 8 Ma (Jian et al., 2014). The oceanic crust is identified as having formed in a suprasubduction 

zone setting during the initial stage of a nascent intra-oceanic island arc (Gianola et al., 2019). 
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Samples analysed in this work are from the crustal section of the ophiolite, and span the gabbro, 

sheeted dyke complex, and the extrusive section, composed mostly of basaltic andesite pillow 

lavas.  

 

The Gabal Gerf ophiolite located in the Southern Eastern Desert of Egypt and Red Sea Hills of 

Sudan is the largest mafic-ultramafic ophiolite complex in the Arabian-Nubian shield (Zimmer et 

al., 1995). The ophiolite consists of three main nappes tectonically transported from the NE to 

SW. From the NE to SW, they are: the Gabal Gerf nappe, a serpentinized ultramafic melange with 

gabbro and basalt fragments; the Gabal Harga Zarga nappe section composed of massive and 

fractured basaltic lava and dykes; lastly the Gabal Heiani nappe complex composed of pillow lavas, 

sheeted dykes, layered gabbro and serpentinized or carbonated ultramafics (Zimmer et al., 1995). 

The ophiolite has been identified as having a N-MORB composition (Zimmer et al., 1995). 

Samarium-neodymium isotope data of clinopyroxene and plagioclase mineral separates and whole 

rock analysis of gabbro define a linear array corresponding to an age of 770 ± 52 Ma (Zimmer et 

al., 1995). Zircon 207Pb/206Pb ages define an age of 741 ± 42 Ma (Kröner et al., 1992) and a pooled 

mean age of ~ 750 Ma for crystallisation of the gabbro is accepted (Zimmer et al., 1995). Ophiolites 

in the Southern Eastern desert of Egypt and Red Sea hills of Sudan were obducted onto land by 

~ 715 Ma (Kröner et al., 1992). Samples analysed in this work from the ophiolite span the 

ultramafic cumulates, gabbro, sill and dyke complex and pillow lavas across the three nappes 

identified.  

 

Each ophiolite represents a different tectonic setting of formation based on a plot of Th against 

niobium (Nb) (Fig. 3a).  This plot distinguishes magmas from normal-mid-ocean ridge and  

suprasubduction zone settings, as the latter have incompatible element signatures similar to arc 

lavas with enrichments of caesium, rubidium, barium and Th relative to Nb (Dilek and Furnes, 

2011). Gabal Gerf samples mostly overlap with N-MORB samples from modern spreading centres 

(Zimmer et al., 1995). Khantaishir samples overlap with volcanic arc samples, indicating the 

influence of an enriched source in a suprasubduction zone setting (Gianola et al., 2019). 

Annieopsquotch samples fall in-between the two and can be identified as N-MORB with a slight 

suprasubduction zone signature (Lissenberg et al., 2005) (Fig. 3a). Such variability in tectonic 

setting for the different ophiolites is not of significance for this study, however, as the U signatures 

we are comparing are imparted during secondary alteration, such that any primary signature 

differences would be likely overprinted. One potential issue relates to Th/U ratios and how much 

these differ between fresh magmas in different tectonic settings. A key indicator of U enrichment 
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during alteration is a lowering of Th/U. If basalts from different tectonic settings have different 

starting Th/U ratios, this can make identification of alteration using Th/U ratios challenging. 

However, no systematic difference in the Th/U ratio of basalt formed in mid-oceanic spreading 

centre and back arcs is seen, and only a small difference with volcanic arcs that extend to lower 

Th/U, presumably due to some U addition from slab dehydration (Fig. 3b). Also, since a key 

feature of Th/U ratios in modern AOC is a large spread in values (Andersen et al., 2015, In prep; 

Chapter 3) the starting composition is relatively unimportant.  
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Fig. 3. (a) Thorium vs. Nb concentration data and (b) Th/U vs. U concentration data 

for ophiolite samples and analyses of  whole rock and glass samples from spreading 

centres, back arcs, and volcanic arcs. Literature data for back arc and volcanic arc 

samples downloaded from PetDB on 23/09/2021 using data for whole rock and 

glass samples, data for spreading centres is from the N-MORB dataset from Gale et 

al. (2013). Thorium and U measurements for ophiolite samples are from Element2 

ICP-MS measurements and Nb data from - Annieopsquotch - Lissenberg et al. 

(2005), Khantaishir - Gianola et al. (2019), and Gabal Gerf  - Zimmer et al. (1995). 

Note that for Annieopsquotch one sample, VL01J200b has an anomalously high Th/U 

~ 10, and is not included in the figure, and was not measured for its U isotopic 

composition. 
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4.3 Methods 
 

Rock powders of samples were obtained for each ophiolite and readers are referred to Zimmer et 

al. (1995), Lissenberg et al. (2005) and Gianola et al. (2019) for details of preparation. Detailed 

methods for U isotopic analysis are given in chapter 2 and briefly summarised here. For the U 

isotopic measurements, sample preparation and analysis largely followed Andersen et al. (2015) 

with some modification. Approximately 0.5 to 3 g (variable to obtain a given U amount for 

measurement) of sample powder was digested in pre-cleaned Teflon PFA beakers using a HF: 

HNO3 mixture (Chapter 2). Samples were spiked with the 233U − 236U IRMM-3636 double spike 

(Richter et al., 2008) aiming for a 236U/235U ratio of ~ 5. Samples were loaded in 40 ml of 1.5 M 

HNO3 onto 1 ml of TRU resin (100 – 150 mesh) in commercially available Bio-Rad Poly-Prep 

columns. Matrix was eluted in 30 ml of 1.5 M HNO3, before U was collected in 10 ml of 0.3 M 

HF – 0.1 M HCl. Samples were loaded in 5 ml 3 M HNO3 onto 0.5 ml of UTEVA resin (100 – 

150 mesh), for Th and U separation (Chapter 2). Samples were then dried and re-dissolved in a 

requisite amount of 0.2 M HCl for analysis, (aiming for [U] of 0.05 – 0.3 ug g–1) for isotopic 

analysis. This procedure achieved efficient removal of Th and Th/U ratios during isotopic analysis 

were typically < 0.005. For samples VL01J188, VL01J191, VL01J 195, VL01J201, and VL01J205b 

a prior chemistry method using 3 M HCl was used for Th separation (Chapter 2), this resulted in 

less efficient Th removal and Th/U ratios ~ 0.1 in measured sample aliquots. A correction for the 

high mass plus hydride tailing of 232Th on the 234U ion beam can successfully correct for this 

(Chapter 2).  

 

Uranium isotope compositions were measured on a ThermoFinnigan Neptune MC-ICP-MS (serial 

no. 1002) at the Bristol Isotope group in low mass resolution (M/ΔM ~ 2000, 5 to 95 % peak 

height definition). Each sample was preceded and followed by a measurement of the double-spiked 

(with a double spike proportion similar to samples) standard CRM-145. Samples were measured 

at varying concentrations, generally between 0.05 to 0.3 ug g−1, correlating to U consumption 

between ~ 0.015 to 0.080 ug per measurement. Procedural blanks were < 30 pg U, an insignificant 

amount compared to amount of U consumed per measurement. 

 

The measured double spike isotope ratio of 233U/236U was used with the exponential mass 

fractionation law to correct for mass fractionation of isotope ratios in samples and bracketing 

standards. Ratios were also corrected for the minute 238U, 235U and 234U contributions from the 

IRM-3636 double spike (Condon et al., 2010; Hiess et al., 2012). Uranium isotope ratios for 
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238U/235U and 234U/238U of samples are reported in ẟ notation with ẟ238U = (238U/235USample / 
238U/235UCRM-145) – 1 and ẟ234U = [(234U/238USample / 234U/238UCRM-145) × −0.0386], by normalising 

sample measurements to the average of bracketing CRM-145 analyses.  This removes second order 

non-exponential mass bias effects from the analyses. Note that ẟ234U values are reported relative 

to secular equilibrium, where the CRM-145 standard has a ẟ234U of −38.6 ‰ relative to secular 

equilibrium (Cheng et al., 2013). 

 

Long term external reproducibility at various measured U intensities has been estimated using 

aliquots of the well characterised reference material BHVO2 measured during different analytical 

sessions. The external reproducibility of ẟ238U and ẟ234U for BHVO2 at various intensities (e.g., 
238U = 200 to 1000 pA) ranges from 0.09 to 0.02 ‰ 2 SD and 4 to 0.9 ‰ 2 SD respectively. The 

external reproducibility of unknown samples has been determined from the long-term external 

reproducibility of BHVO2 measured at various intensities (Chapter 2). Repeat measurements of 

BHVO2 were used to approximate errors on the ophiolite samples measured in this study. For 

measurement of [Th], [U] and Th/U ratios, small amounts of samples (~ 50 mg) were dissolved 

and measured on an Element2 at the University of Bristol, see chapter 2 for details. 
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4.4 Results 
 

Uranium isotopic composition, U concentrations and Th/U ratios are presented in table 1 for 

each ophiolite and shown as ẟ238U vs. Th/U (Fig. 4) and ẟ238U vs. ẟ234U (Fig. 5). Samples not 

measured for their U isotopic compositions are not included in any further discussion, except 

where explicitly stated. Data can largely be split into two groups based on ẟ234U, which acts as a 

check for recent sample alteration. A ẟ234U of 0 means a sample is in secular equilibrium and any 

deviation from equilibrium, (234U/238U) = 1 (activity ratio), indicates some U loss or gain in the last 

~ two million years. We define a range of 0 ± 15 ‰ as an acceptable range of deviation from 0 to 

determine samples that are near secular equilibrium and have experienced the least amount of any 

potential recent alteration that could affect the U isotopic composition. We choose these bounds 

as several samples cluster around +20 ‰ ẟ234U with similar ẟ238U values, while data between 0 to 

+15 ‰ ẟ234U shows a large degree of variability (Fig. 5).  These bounds, ẟ234U = −15 to +15 ‰, 

define a narrow range of data that we take to represent primary alteration signatures of oceanic 

crust. It is not necessarily clear how useful this strict data filtering is, but despite this, all samples 

analysed from each ophiolite show a spread in U concentration, Th/U ratios and U isotopes 

greater than unaltered MORB and our long term two standard deviation (Fig. 4, 5). 

 

 

Sample Lithologya ẟ238U 

(‰) 

2SE ẟ234U 

(‰) 

2SE Th/Ub [U]  

ng g−1c 

Nd 

 Annieopsquotch 480 Ma 

VL01J188 SD −0.297 0.049 35.4 2.3 6.33 34 3 

VL01J189 SD −0.324 0.045 28.7 2.2 4.34 21 2 (2) 

VL01J190 SD −0.267 0.045 18.7 2.2 4.61 97 2 

VL01J191 SD −0.306 0.022 34.2 1.1 4.27 137 3 

VL01J192 SD −0.498 0.060 25.9 2.9 4.68 22 2 

VL01J193 SD −0.287 0.051 32.5 2.5 5.91 19 2 

VL01J194 SD −0.344 0.048 34.3 2.4 4.81 35 2 

VL01J195 Ex −0.301 0.012 0.0 0.6 0.57 187 6 (2) 

VL01J196a Ex −0.425 0.034 −9.5 1.6 1.65 66 4 (2) 

VL01J196b Ex −0.267 0.020 5.3 1.0 4.19 49 4 (2) 

VL01J198 Ex −0.357 0.044 38.7 2.2 4.59 33 2 
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VL01J199a Ex −0.306 0.036 23.5 1.8 3.35 40 2 

VL01J199b Ex −0.340 0.079 38.5 3.8 5.66 11 1 

VL01J200a Ex −0.565 0.030 9.3 1.5 1.72 80 5 (2) 

VL01J200b Ex     9.96 6  

VL01J201 Ex −0.484 0.046 25.3 2.2 3.63 61 3 

VL01J202 Ex −0.335 0.034 7.2 1.6 3.52 15 5 (3) 

VL01J203 Ex −0.300 0.047 23.7 2.3 3.16 39 2 

VL01J204a Ex −0.399 0.020 11.6 1.0 1.41 128 8 (2) 

VL01J204b Ex −0.409 0.030 14.5 1.4 2.73 76 5 (2) 

VL01J205a Ex −0.528 0.025 12.6 1.3 2.53 48 3 (2) 

VL01J205b Ex −0.356 0.025 −0.2 1.2 2.19 89 6 (2) 

 Khantaishir 540 Ma 

KT-11-24 G −0.350 0.075 93.1 3.5 1.66 21 2 

KT-11-149 G −0.287 0.016 −29.1 0.9 2.86 164 2 

KT-12-56 G −0.254 0.054 51.7 2.6 2.14 28 2 

KT-12-65 G     2.48 2  

KT-11-157 SD −0.293 0.012 −28.67 0.6 3.28 336 5 

KTB-4 SD −0.201 0.015 1.5 0.8 0.80 154 5 (2) 

KTU-4 SD −0.471 0.038 4.0 1.8 3.10 23 5 (2) 

KT-11-110 SD −0.302 0.015 4.9 0.8 2.11 89 6 (2) 

KT-11-83 SD −0.522 0.025 18.2 1.3 0.68 120 2 

KT-11-140 SD −0.332 0.024 9.4 1.2 1.91 77 5 (2) 

KTU-1 SD −0.330 0.021 8.5 1.1 2.71 94 6 (2) 

KT-12-78 SD −0.321 0.025 21.7 1.3 1.96 77 2 

KT-11-70 Ex −0.399 0.018 442.2 1.0 0.55 183 2 

KT-11-85 Ex −0.496 0.054 183.6 2.7 2.11 35 1 

KT-11-86 Ex −0.238 0.025 38.4 1.3 0.66 115 2 

KT-11-87 Ex −0.590 0.044 61.9 2.2 2.49 40 2 

KT-11-96 Ex −0.338 0.017 9.7 0.9 1.56 115 5 (2) 

KTP-1 Ex −0.404 0.025 21.8 1.3 1.01 90 2 

 Gabal Gerf 750 Ma 

GG31 U     0.44 4  

GG35 U −0.087 0.114 97.5 5.0 0.40 9 2 

GG68 U −0.400 0.071 1.5 3.3 0.04 19 2 
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GG74 U     0.16 3  

GG12 U* −0.261 0.027 26.0 1.4 4.43 88 2 

GG257 U* −0.369 0.011 1.7 0.6 2.43 464 5 

GG36 G     0.66 4  

GG77 G     3.18 10  

GG79 G −0.241 0.064 18.7 3.0 2.73 16 2 

GG80 G −0.355 0.102 57.5 4.5 0.96 12 2 

GG81 G −0.199 0.043 9.2 2.1 2.79 85 3 

GG82 G −0.266 0.063 19.2 3.0 2.72 17 2 

GG83 G     2.77 3  

GG84 G −0.288 0.046 18.7 2.2 1.71 26 2 

GG85 G −0.199 0.049 32.0 2.4 1.31 25 2 

GG86 G −0.386 0.060 9.6 2.9 2.06 22 2 

GG87 G     2.11 14  

GG88 G     3.40 5  

GG89 G     1.84 8  

GG90 G     2.90 8  

GG91 G     3.37 4  

GG92 G −0.319 0.044 7.2 2.1 2.49 66 3 

GG93 G     2.32 5  

GG71 SD −0.287 0.020 16.5 1.1 2.57 42 2 

GG72 SD −0.275 0.016 24.9 0.9 3.59 44 2 

GG95 SD     2.59 9  

GG170 SD     3.28 35  

GG171 SD     3.26 37  

GG172 SD −0.208 0.035 40.0 1.8 2.00 20 2 

GG173 SD     2.11 19  

GG174 SD −0.208 0.026 23.9 1.3 2.05 39 2 

GG175 SD     2.87 16  

GG176 SD     2.78 16  

GG177 SD     2.85 21  

GG281 SD −0.244 0.031 7.1 1.6 1.83 36 2 

GG9 Ex     3.31 87  

GG10 Ex −0.250 0.024 1.8 1.2 3.09 42 2 
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GG13 Ex −0.325 0.014 −12.4 0.8 4.59 304 3 

GG69 Ex     3.76 50  

GG70 Ex     3.73 27  

GG73 Ex −0.331 0.018 8.6 1.0 3.48 42 2 

GG94 Ex     3.19 43  

GG178 Ex −0.201 0.054 22.3 2.6 1.55 16 2 

GG179 Ex −0.719 0.032 9.3 1.6 1.16 22 2 

GG180 Ex −0.223 0.132 34.5 5.7 1.55 16 2 

GG181 Ex     3.15 22  

GG182 Ex −0.299 0.036 19.6 1.8 3.23 22 2 

GG183 Ex     2.66 20  

GG184 Ex −0.265 0.039 2.4 1.9 2.63 28 2 

GG185 Ex     3.09 23  

GG282 Ex −0.290 0.031 79.1 1.6 1.32 23 2 

Table 1. Uranium isotope ratios of  ophiolite samples. 2SE = two standard error on 

n measurements. a - U = Ultramafic, G = Gabbro, SD = Sheeted dyke, Ex = Extrusive 

section. Groupings have been made according to sample descriptions found in 

literature. In some cases, e.g., mainly for sheeted dykes, they can crosscut into other 

units; in these cases the samples have been grouped stil l as part of  the sheeted 

dykes. Note that two samples from Gabal Gerf  marked with a * are amphibolite 

samples and have been grouped with the ultramafic group. b - Th/U ratio determined 

from [Th] measurements from ICP-MS and [U] measurements from isotope dilution. 

c - [U] measurements from isotope dilution, whereas for samples with no isotope 

dilution data [U] measurements are from ICP-MS. d - N represents the number of  

individual measurements and values in brackets the number of  individual digestions 

and columns processed. 

4.4.1 Annieopsquotch 

 

Nine of the Annieopsquotch ophiolite samples analysed are within secular equilibrium (ẟ234U = 

−9.5 ± 1.6 to 14.5 ± 1.4 ‰, 2SE) and show significant heterogeneity in ẟ238U ranging from −0.565 

± 0.030 to −0.267 ± 0.020 2SE (average of −0.398 ± 0.197 ‰ 2SD) (Fig. 4, 5). Uranium 

concentration in these samples is on average similar to modern N-MORB, 82 ng g−1 (N-MORB ~ 

83 ng g−1 (Gale et al., 2013)) and range from 48 to 187 ng g−1 (Fig. 6a). The enrichment and spread 
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in U concentration is also reflected in the Th/U ratios of samples, which ranges from 0.57 to 4.19 

and is on average below typical values of unaltered MORB (Th/U = 2.5 – 3.5) (Fig. 4, 6a). There 

is a clear inverse relationship between U concentration and Th/U, at higher U concentration the 

Th/U ratio is lower, reflecting U enrichment (Fig. 6a).  

 

The twelve Annieopsquotch ophiolite samples outside our bounds of secular equilibrium also 

show significant variability in ẟ238U ranging from −0.498 ± 0.060 to −0.267 ± 0.045 ‰, 2SE 

(average of −0.342 ± 0.148 ‰ 2SD) (Fig. 5). The ẟ234U values of these twelve samples are all 

elevated with respect to secular equilibrium to less extreme values (18.7 to 38.7‰) than observed 

in some Khantaishir and Gabal Gerf, samples (Fig 5). Uranium concentrations of samples outside 

our bounds of secular equilibrium range from 11 to 137 ng g−1 and critically Th/U ratios are all 

similar to or elevated above typical MORB values, with Th/U ranging from 3.16 to 6.33. The 

inverse relationship between U concentration and Th/U ratio is less clear in the Annieopsquotch 

samples out of secular equilibrium (Fig. 6b).  

 

4.4.2 Khantaishir 

 

Only six of the analysed Khantaishir samples are within the bounds of secular equilibrium (ẟ234U 

= 1.5 ± 0.8 to 9.7 ± 0.9 ‰, 2SE) (Fig. 5). These samples also show significant variation in ẟ238U, 

−0.471 ± 0.038 to −0.201 ± 0.015 ‰, 2SE (average, −0.329 ± 0.173, 2SD) (Fig. 4). Uranium 

concentrations are mostly elevated above typical values of N-MORB, ranging from 23 to 154 ng 

g−1, average of 92 ng g−1. This is again reflected in lower Th/U ratios than typical N-MORB, with 

ratios of 3.1 to 0.8. Similar to Annieopsquotch there is an inverse relationship between U 

concentration and Th/U ratio (Fig. 6a).  

 

The eleven samples out of secular equilibrium show even greater variation in ẟ238U, −0.590 ± 0.044 

to −0.238 ± 0.025 ‰, 2SE (average −0.377 ± 0.232 ‰ 2SD). The spread in ẟ234U is more variable 

than Annieopsquotch with values below 0, (e.g., −29.1 ± 0.9 ‰ 2SE) and even above seawater 

(145.6 ± 0.3 ‰, 2SE (Kipp et al., 2022)) (e.g., 442.2 ± 1.0 ‰ 2SE), average (79.5 ± 267.8 ‰ 2SD). 

Uranium concentrations in the Khantaishir samples out of secular equilibrium extend to high levels 

of U enrichment, 21 to 336 ng g−1 with Th/U ratios from 3.28 to 0.55, with most below typical 

unaltered MORB values indicating U enrichment. Also, unlike Annieopsquotch the inverse 

relationship in U concentration and Th/U ratio is still relatively clear in the Khantaishir samples 

that are outside our defined bounds of secular equilibrium (Fig. 6b). 
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4.4.3 Gabal Gerf 

 

Eleven of the analysed Gabal Gerf samples are within the bounds of secular equilibrium with ẟ234U 

values ranging from −12.4 ± 0.8 to 9.6 ± 2.9 ‰ 2SE (Fig. 5). The ẟ238U variation in the Gabal 

Gerf samples within secular equilibrium is the largest when compared to Annieopsquotch and 

Khantaishir, with ẟ238U ranging from −0.719 ± 0.032 to −0.199 ± 0.043 ‰ 2SE (average −0.344 

± 0.292 2SD). Sample GG179 with ẟ238U = −0.719 ± 0.032 ‰ 2SE is the isotopically lightest 

sample measured in the whole data set including samples within and out of secular equilibrium. 

Taking an average of the Gabal Gerf samples within secular equilibrium, excluding the potentially 

anomalous GG179, the average ẟ238U is −0.309 ‰, and the standard deviation is also the lowest 

of the three ophiolites at ± 0.134 ‰ 2SD.The U concentrations of the Gabal Gerf samples within 

secular equilibrium show a small spread ranging from 19 to 85 ng g−1, with most being similar to 

modern unaltered MORB, bar GG257 with a concentration of 464 ng g−1, although this sample is 

an amphibolite and so was likely affected by high degrees of metamorphism. The Th/U ratios of 

Gabal Gerf samples are variable as well, typically ranging to values below unaltered MORB, Th/U 

from 4.59 to 0.04, indicating some U enrichment, although not necessarily seen in the U 

concentration. Many samples also overlap in Th/U with the range of N-MORB (Fig. 4), again 

indicating smaller degrees of U enrichment. The inverse relationship between U concentration and 

Th/U ratio seen in Annieopsquotch and Khantaishir is not present in the Gabal Gerf samples. 

Gabal Gerf samples instead have a positive relationship between U concentration and Th/U ratio 

(Fig. 6a). This trend is unexpected and may reflect a different behaviour of U in Gabal Gerf 

samples compared to the Annieopsquotch and Khantaishir samples. 

 

The fifteen Gabal Gerf samples out of secular equilibrium show the least amount of variability in 

ẟ238U ranging from −0.355 ± 0.102 to 0.087 ± 0.114 ‰ 2SE, with an average of −0.245 ± 0.129 

‰ 2SD. Samples have ẟ234U values elevated above secular equilibrium and show more variation 

when compared to Annieopsquotch, ẟ234U = 16.5 ± 1.1 to 79.1 ± 1.6 ‰ 2SE, average of 36.0 ± 

50.0 ‰ 2SD. Uranium concentrations in the Gabal Gerf samples out of secular equilibrium are 

significantly lower compared to Annieopsquotch and Khantaishir, with a range of 9 to 88 ng g−1 

and average of 23 ng g−1. The Th/U ratios show significant variation as well ranging from 4.43 to 

0.4. However similar to the Gabal Gerf samples that are within secular equilibrium the inverse 

trend between U concentration and Th/U ratio is not seen in samples out of secular equilibrium, 

and instead there is a slight positive correlation (Fig. 6b). As well as GG257, sample GG12 is also 

marked as an amphibolite, although it is also outside the bounds of secular equilibrium (Fig. 5). 
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We choose to exclude both samples GG257 and GG12 from any further discussion and figures 

due to the unquantified effects that metamorphism may have on U compositions. Note that the 

averages and figures given above also exclude the two samples GG257 and GG12. 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 4. Th/U ratio vs. ẟ238U for ophiolite samples within secular equilibrium. Clear 

diamond data points are from ODP 1256D, and stars from 801C and pentagrams 

from DSDP 417 from Andersen et al., (in prep), Andersen et al., (2015) and chapter 

3 respectively. The shaded grey box represents the region of  little alteration from 

figure 2. Upside down black triangles are N-MORB from Andersen et al. (2015). 

Error bars are 2SE. 
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Fig. 5. ẟ234U vs. ẟ238U for all ophiolite samples measured. Errors bars are 2SE. 

Dashed black lines at ẟ234U 0 ± 15 ‰ are the bounds for a sample being in secular 

equilibrium. Samples from Khantaishir circ led in the dashed blue box plot off  the 

scale in ẟ234U, readers are referred to table 1 for their values. The yellow shaded 

region is the range of  ẟ234U and ẟ238U represented by MORB and OIB samples from 

Andersen et al., (2015). 
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Fig. 6. Uranium concentration (ng g−1) vs. Th/U ratio of  ophiolite samples, compared 

to spreading centre, back arc and volcanic arc data, source is same as in figure 3. 

(a) Samples that are within secular equilibrium. (b) Samples that are out of  secular 

equilibrium.  
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4.4.4 Variation with lithology 

 

Systematic variations with lithology and depth (meters below seafloor the ophiolite sample would 

correspond to) are expected based on trends seen in modern AOC (e.g., Andersen et al., In prep). 

Uranium enrichment is concentrated in the upper 500 m of AOC, and systematic changes in ẟ238U 

with depth have been identified, e.g., a general decrease in U addition and isotopic variability with 

depth (Andersen et al., 2015, In prep; Chapter 3). Given that our samples are ophiolites it is difficult 

to correlate samples with an absolute depth below seafloor. Therefore, samples are compared 

based on lithology. In shallowing depth order sample groups are ultramafic, gabbro, sheeted dykes 

and extrusive samples including pillow lavas, using the idealised structure for oceanic crust 

(Anonymous, 1972). Using samples within secular equilibrium and those outside of secular 

equilibrium, and comparing all three ophiolites, three broad trends can be seen (Fig. 7). Samples 

from the extrusive sections of ophiolites, i.e., samples near the top of oceanic crust such as pillow 

lavas, show the highest U concentrations, most clearly seen in the Annieopsquotch samples (Fig. 

7a-c). This correlates with these samples showing a larger variation in ẟ238U, typically towards 

isotopically light values (ẟ238U ~ −0.35 to −0.7 ‰) (Fig. 7a, d, g). Samples from deeper in the 

crust, i.e., sheeted dykes and gabbro, show more limited variation in Th/U, U concentration and 

ẟ238U for Annieopsquotch and Gabal Gerf ophiolites (Fig. 7). Samples in the deepest sections of 

each ophiolite are largely within uncertainty of one another in ẟ238U and may reflect little to no 

alteration, as is expected in modern sections of deep oceanic crust. In Khantaishir however there 

is a similar level of variability in the sheeted dykes and extrusive samples (Fig. 7d-f), this could be 

related to sheeted dykes intruding into the extrusive section (Gianola et al., 2019) and being 

susceptible to similar levels of alteration.  

 

One observation to note is that for Annieopsquotch and Khantaishir the deepest samples in the 

stratigraphic groupings, all sheeted dykes for Annieopsquotch and all gabbro and one sheeted dyke 

for Khantaishir, are outside of our defined bounds of secular equilibrium. It is unclear why all the 

deepest samples are potentially the most affected by potential post-obduction alteration. Deeper 

stratigraphic samples may be closer to the metamorphic sole during obduction and therefore more 

likely to be affected by deformation and alteration that may perturb U isotopic systematics. Further 

work on the textures and compositions of these samples would be needed to further inform on 

any potential alteration, however given that the samples are outside our bounds of secular 

equilibrium they are excluded from any of our following interpretations on U systematics in 

ophiolites. 
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All three ophiolites reflect heterogeneity in ẟ238U, U concentration and Th/U ratios, with a broad 

general pattern of more variability in the extrusive sections (Fig. 7). The variability in ẟ238U in each 

ophiolite also extends to values higher and lower than modern day seawater (Fig. 7). These patterns 

may reflect the primary seafloor alteration, as it matches the pattern of what is expected in modern 

AOC. Even samples outside of our bounds of secular equilibrium follow expected patterns with 

depth, i.e., less alteration at depth (Fig. 7). For example, the sheeted dyke samples out of secular 

equilibrium in Annieopsquotch all have relatively uniform ẟ238U and Th/U (Fig. 7a, c) reflecting 

little U addition and potentially primary alteration compositions. Whether we use the full data set 

or filtered however, our following interpretations are the same. 
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Fig. 7. Pseudo-stratigraphic columns for (a-c) Annieopsquotch, (d-f) Khantaishir, 

and (g-i) Gabal Gerf  ophiolite samples that are within secular equilibrium (fil led 

colour) and outside our bounds of  secular equilibrium (hollow). Variation with a 

representative depth in (a, d, g) ẟ238U ‰, (b, e, h) [U] ng g−1 and (c, f, i) Th/U for 

ophiolite samples. Data points are group by shape based on lithology. Circ le data 

points are samples from extrusive sections of  ophiolites (e.g., Pillow basalts), square 

data points are samples from sheeted dyke complexes, triangle data points are 

Gabbros and diamond data points are ultramafic samples. Depth is represented 

vertically, shallower in the crust (extrusive) at the top of  figures and deeper sections 

(Gabbro) near the bottom of  figures. Note that in 7h the U concentration is on a 

log scale. 
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4.5 Discussion 

 

4.5.1 Secular equilibrium and sample alteration 

 

Ophiolite samples by their nature and formation mechanism are potentially prone to having 

undergone metamorphism / alteration through obduction and sub-arial weathering. To assess the 

conditions of past deep oceans using ophiolites, we focus on trying to identify primary alteration 

signals, that is geochemical characteristics imparted to oceanic crust during seawater alteration, 

which may be difficult to tell apart from secondary alteration, that is, alteration that has occurred 

syn- and post obduction. Measurements of ẟ234U are a useful tool for differentiating primary from 

recent, secondary alteration. Any deviation from secular equilibrium indicates some U loss or gain 

in the last ~ two million years. Indeed, the majority of samples measured across all three ophiolites, 

38 out of 64, have ẟ234U values outside our bounds of secular equilibrium, ẟ234U = 0 ± 15 ‰. 

Uranium isotopic compositions for these samples are therefore not necessarily primary alteration 

compositions and could have been affected by recent U mobilisation. However, samples, such as 

KT-11-70 with an extreme ẟ234U, +442.2 ± 1.0 ‰ 2SE, has a ẟ238U composition, −0.399 ± 0.018 

‰ 2SE, within the range of ẟ238U compositions from samples within secular equilibrium. 

Therefore, ẟ238U may be more robust to recent alteration than ẟ234U and they do not necessarily 

record the same process. A reason for this decoupling may be that the alpha decay of 238U nuclides 

can damage crystal structures and leave the 234U daughter nuclide in damaged sites in crystals from 

which it can be easily lost or changed (e.g., Kigoshi, 1971; Fleischer, 1982). Therefore, samples 

with ẟ234U values outside of our bounds of secular equilibrium may still reflect primary alteration 

ẟ238U values.  

 

That 234U sits in damaged mineral lattice sites often leads to the preferential loss of 234U to fluids, 

creating 234U excesses in fluids and depletion in leached solids (e.g., Porcelli and Swarzenski, 2003; 

Andersen et al., 2009). Modern oceans have a ẟ234U composition of ~ +145.6 ± 0.3 ‰, 95 % CI 

(Kipp et al., 2022), with the main input being high ẟ234U from rivers (e.g., Dunk et al., 2002). 

Therefore, seawater or groundwater alteration can overprint and elevate ẟ234U compositions. All 

of the Annieopsquotch ophiolite samples outside of secular equilibrium have similar ẟ234U and 

Th/U values which suggests the source of recent U alteration was similar and added in similar 

relative amounts. Given the proximity of outcrop to the coast / large reservoirs of water 

(Lissenberg et al., 2005), recent seawater / groundwater alteration is a potential for the elevation 
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of ẟ234U. Other samples from Khantaishir and Gabal Gerf, which show varying levels of elevation 

in ẟ234U may also reflect groundwater alteration. There is no correlation between ẟ234U and the 

Th/U ratio in any of the ophiolite sample groups that are outside the bounds of secular equilibrium 

(Fig. 8a). This suggests that large, variable quantities of U addition are not necessarily responsible 

for the high ẟ234U values of these samples. However, the samples with the highest ẟ234U values, 

i.e., ẟ234U > 80 ‰, do all have low Th/U ratios of ~ 2 and below (Fig 8). There are slight, negative 

correlations between ẟ234U and U concentration for samples outside of secular equilibrium in each 

ophiolite set, most discernible in Gabal Gerf samples (Fig. 8b). This could suggest that samples 

with low U concentration have their ẟ234U more readily perturbed. The sample KT-11-70, with 

ẟ234U, +442.2 ± 1.0 ‰ 2SE, however is an outlier as it has an elevated U concentration, 183 ng 

g−1 and low Th/U 0.55 and seems to reflect large amounts of U addition recently, potentially from 

groundwater, but as already mentioned this does not seem to have had a noticeable effect on ẟ238U, 

or the added U could have a ẟ238U ~ −0.4 ‰.  

 

The addition of small amounts of U to other low U concentrations samples (i.e., not enough to 

raise U concentrations noticeably or lower Th/U appreciably) can change the ẟ234U composition 

drastically, while not affecting the ẟ238U composition (Fig. 5). This is a similar scenario to that 

proposed by Andersen et al. (In prep) for samples in ODP 1256D, where comparably low U 

concentration samples had very elevated ẟ234U compositions. A fluid that was low in U 

concentration but significantly enriched in 234U could be responsible for elevated ẟ234U. The excess 
234U could be leached from other locations in the oceanic crust, and this may well also explain the 

few negative ẟ234U compositions, such as in KT-11-149 and KT-11-157, ẟ234U −29.1 ± 0.9 and 

−28.7 ± 0.6 ‰ 2SE respectively, that suggest U loss. The Khantaishir samples do show some of 

the most elevated ẟ234U compositions and may reflect this U leaching and redistribution. 

Regardless of the cause for the variation in ẟ234U, the exclusion of samples outside our bounds of 

secular equilibrium, that may still represent primary alteration ẟ238U compositions, may be an 

overly cautious approach to data filtering. However, we note that if using either the full or near 

secular equilibrium only data set, our final conclusions will not change. 
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Fig. 8.  Variation of  ẟ234U with (a) Th/U ratio and (b) U concentration. Note that in 

(b) the U concentration is on a log scale. Error bars are 2SE. Two samples from 

Khantaishir highlighted in a dashed box plot of  the scale in ẟ234U and readers are 

referred to table 1 for their values. The two black dashed lines at ẟ234U 0 ± 15 ‰ 

are the bounds of  secular equilibrium used. Filled data points are samples within the 

bounds of  secular equilibrium, hollow data points are outside these bounds. 
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4.5.2 Comparisons to more recent altered oceanic crust 

 

Sections of modern AOC of varying age collected in various ocean drilling program sites have 

been characterised for their U concentrations and three of these, ODP 1256D (Andersen, In prep), 

DSDP 417/418 (Noordmann et al., 2016; Chapter 3), and ODP 801C (Andersen et al., 2015) for 

their U isotopic composition. Uranium enrichment and mobilisation in modern oceanic crust 

occurs under oxygenated conditions, where U, present as highly soluble U6+ in deep oceans, can 

allow for high levels of enrichment, by up to an order of magnitude, and be incorporated into the 

oceanic crust with isotopic fractionation that results in heterogeneous ẟ238U compositions. As 

elucidated by Andersen et al. (2015), Andersen et al. (In prep), and in Chapter 3, U uptake under 

oxic conditions results in ẟ238U values similar to or lower than modern seawater. This is thought 

to be by adsorption of isotopically light U onto secondary mineral surfaces such as celadonite and 

Fe-hydroxides. Uptake in more reducing conditions results in partial reduction of U6+ to U4+ and 

incorporation into secondary carbonates which results in higher than seawater ẟ238U compositions. 

Quantitative U uptake results in no net isotopic fractionation under any conditions but is only 

likely to happen due to complete reduction of U.   

 

By comparing our measurements of ancient ophiolite samples, to modern AOC we can gauge if 

past deep oceans had high levels of oxygen, such that U6+ was stable.  Isotopic heterogeneity in 

ẟ238U in AOC requires the oxic and soluble form of U, U6+ to be present in deep oceans to be 

generated. Many previous estimates of deep ocean oxygen conditions measure continental shelf / 

slope sediments to infer ocean conditions, which are often only approximately 1500 m deep, 

shallower than modern true deep ocean with ridge depths at ~ 2500 – 3500 m. We take our 

ophiolite samples to represent oceanic crust having interacted with true deep ocean conditions. 

 

First, we briefly examine the alteration mineralogy of our ophiolite samples compared to modern 

day alteration mineralogy of oceanic crust. A full description of alteration mineralogy in both 

modern altered oceanic crust and in our ophiolite samples is beyond the scope of this work and 

can be found elsewhere (e.g., Alt and Honnorez, 1984; Zimmer et al., 1995; Alt and Teagle, 2003; 

Lissenberg et al., 2005; Alt et al., 2010; Gianola et al., 2019). The main host minerals and sites for 

U in the altered oceanic crust is still poorly understood and remains an area of active research. 

Current perspectives suggest that U uptake under oxic conditions in shallow parts of the crust is 

associated with phases such as celadonite, saponite and Fe-oxyhydroxides, while under more 

reducing conditions in deeper portions uptake is associated with carbonates and in redox haloes 
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(e.g., Staudigel et al., 1996; Bach et al., 2003; Kelley et al., 2005; Andersen et al., 2015, In prep; 

Chapter 3).  

 

Contrasting samples with low degrees / no alteration to ones with pervasive signs of alteration 

clearly shows the effects of alteration (Fig. 9). Sample VL01J200b, a basalt from the 

Annieopsquotch ophiolite extrusive section, has only 6 ng g−1 U and has likely undergone no U 

addition or has experienced U loss. The sample has a primary igneous ophitic texture, with laths 

of plagioclase encased by clinopyroxene, with some plagioclase altered to fine grained micaceous 

material (sericite) (Fig. 9a). Altered samples show a very different texture and almost no primary 

igneous textures remain (Fig. 9b). Sample VL01J200a, a pillow basalt from the Annieopsquotch 

ophiolite extrusive section, is enriched in U, has a Th/U ratio of 1.72, and has the lowest ẟ238U 

composition in the ophiolite, −0.565 ± 0.03 ‰ 2SE. Alteration is pervasive to light green to brown 

coloured secondary phyllosilicate minerals, such as micas, smectites and chlorites in plane polarised 

light that overprint much of the primary igneous minerals and textures (Fig. 9b). Brown saponite 

rims and turquoise green celadonite occurs in rounded vesicles and interstitial areas. These 

alteration minerals are common in upper sections of altered oceanic crust (e.g., Alt et al., 2010 

their figure 2), altered under oxidising conditions. As determined from modern altered oceanic 

crust (Andersen et al., 2015, In prep; Chapter 3), this is associated with the uptake of light U 

isotopes leading to low ẟ238U values, as seems to be also recorded in the Annieopsquotch samples.  

 

In deeper sections of the oceanic crust, alteration occurs under more reducing conditions, and 

different secondary minerals, such as carbonates and sulphides become prevalent. Samples from 

the Khantaishir ophiolite sheeted dyke complex reflect this change in mineralogy with depth. 

Sample KTB4, a basaltic andesite, shows very little of the dominantly green coloured alteration 

mineralogy in plane polarised light (Fig. S1). Instead, primary clinopyroxene and plagioclase are 

preserved and secondary carbonates such as calcite form in voids (Fig. 9c). This is associated with 

large amounts of U uptake (U concentration of 154 ng g−1 and low Th/U ratio of 0.80). The ẟ238U 

isotopic composition, −0.201 ± 0.015 ‰, also indicates heavy U uptake during partial reduction 

of U6+ to U4+ (Andersen et al., 2015, In prep; Chapter 3) and incorporation into these secondary 

carbonates that can host large amounts of U (there is a marked correlation between CO2 and U 

concentrations seen in modern altered oceanic crust (Staudigel et al., 1996)). A sample from a 

similar location in the sheeted dyke complex, KT-11-110, with a lower level of U enrichment, 

Th/U ratio of 2.11, has some minor secondary calcite and alteration to green coloured secondary 

minerals such as chlorite (Fig. 9d). This sample however has a ẟ238U composition similar to BSE, 
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at −0.302 ± 0.015 ‰ 2SE, in keeping with smaller amounts of U uptake. These examples all show 

the heterogeneous nature of U addition to the oceanic crust during its alteration. Similar alteration 

minerals and changes in alteration mineralogy with depth in the ophiolite samples from 

Annieopsquotch and Khantaishir with modern altered oceanic crust point towards similar 

conditions and processes occurring in the geological past during alteration of the oceanic crust.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 9. Photomicrographs of  ophiolite samples under plane polarised light (ppl) and 

cross polarised light (xpl). Scales are 1000 um and are denoted by red lines on (b) 

and (c), the same scales apply to (a) and (d). Mineral abbreviations are, plg – 

Plagioclase feldspar, cpx – Clinopyroxene, cc – Calcite, c ld – Celadonite, sp – 

Saponite, chl – Chlorite. 

From a U concentration perspective our ophiolite samples are generally less enriched than some 

sections of modern crust. Variations in Th/U ratios however do indicate large amounts of U 

addition relative to unaltered protoliths that may have initially had low U concentrations (Fig. 10). 

As seen in modern altered oceanic crust the Th/U ratio of discrete samples from drill sites shows 

a large range from ~ 4.5 to below 0.1 (Andersen et al., In prep; Chapter 3), compared to modern 

‘fresh’ N-MORB samples with Th/U ~ 2.5 to 3.7 (e.g., Gale et al., 2013; Andersen et al., 2015) 
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(Fig. 10). All three of the ophiolite sample sets measured show ranges in Th/U ratios that better 

reflect altered oceanic crust than pristine MORB (Fig. 10) and may reflect the addition of U during 

alteration under conditions similar to those in modern day altered oceanic crust. However, while 

the Gabal Gerf samples show the largest range in Th/U from ~ 4.6 to 0.2, most samples do 

overlap with modern N-MORB and may reflect the least U enrichment in terms of Th/U 

compared to Annieopsquotch and Khantaishir. Also, the Gabal Gerf samples show a slight 

positive trend in U concentration and Th/U ratio (Fig. 6a) opposite to that in the Annieopsquotch 

and Khantaishir samples that simply reflect more U enrichment and lower Th/U ratios (Fig. 6a). 

The Gabal Gerf samples may be explained by changes in the Th content, unlikely due to its 

immobility, or due to most samples potentially reflecting unenriched or little enriched U 

concentrations. Fresh MORB samples show no correlation between U concentration and Th/U 

(Fig. 3b, 6) and instead reflect general heterogeneity in Th/U and U concentration. As our samples 

only represent a sub-set (those within our bounds of secular equilibrium) of samples from the 

Gabal Gerf data set it is possible that the correlation between Th/U and U concentration in figure 

6a is spurious.  When looking at a larger set of samples as is shown in figure 3a, the positive 

correlation between Th/U and U concentration is weaker. For the Gabal Gerf samples with Th/U 

over ~ 2.5 the variation may just reflect primary igneous variation in U concentration and Th/U 

ratio; while for those with Th/U ~ 2 and below it may represent small amounts of U addition to 

samples with low starting U concentrations. The positive trend, given that there is no likely feasible 

way to generate it, may be coincidence, and instead the Gabal Gerf samples simply reflect mostly 

unaltered MORB like Th/U and U concentrations, with a few samples that show small amounts 

of U addition. This behaviour is different to the Annieopsquotch and Khantaishir ophiolites and 

may reflect different deep ocean conditions for Gabal Gerf relative to Annieopsquotch and 

Khantaishir.    
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Fig. 10. Th/U ratio vs. age for range in modern day N-MORB (Th/U 2.5 to 3.7), ODP 

1256D (Andersen et al., In prep), DSDP-417 (Chapter 3) and ODP 801C (Andersen 

et al., 2015) and ophiolite samples within our bounds of  secular equilibrium. 

From a ẟ238U perspective the similarities to modern AOC are still present, but more subtle. 

Annieopsquotch samples show significant variation in ẟ238U, particularly to low (< −0.35 ‰) 

values, indicating oxic incorporation of U6+. Khantaishir and Gabal Gerf samples also show 

variations in ẟ238U that is larger than uncertainty on measurements and indicates oxic incorporation 

and potential reduction of U6+ (Fig. 4). Comparing to modern AOC, the majority of 

Annieopsquotch, Khantaishir and Gabal Gerf samples fall within the range of “little altered 

MORB”, both in terms of Th/U ratio range and or ẟ238U range (Fig. 4). Quantitative uptake of U 

results in low Th/U with no net isotopic fractionation, and so with values close to seawater ẟ238U, 

which for modern oceans is −0.38 ± 0.023 ‰ 95 % CI (Kipp et al., 2022), as seen in some modern 

samples. Multiple samples from Annieopsquotch, Khantaishir and Gabal Gerf with low Th/U 

have ẟ238U values within uncertainty of modern seawater and may indicate quantitative U uptake. 

However, this assumes that the ẟ238U composition of seawater has remained constant over 

geological time. While the oceans are well mixed in terms of U due to its long residence time, ~ 

500,000 years (Ku et al., 1977), its concentration and isotopic composition may have changed over 

time. Some elements e.g., lithium (Misra and Froelich, 2012), Sr (Hodell et al., 1990) and, osmium 

(Peucker-Ehrenbrink and Ravizza, 2000), show a variable isotopic composition in seawater over 

time. Therefore, it is uncertain whether the U isotopic composition of seawater has remained the 
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same over geological time, and thus what composition quantitative uptake of U in the geological 

past would result in is uncertain.  

 

Isotopically heavy U in AOC, which is taken to indicate partial reduction of U6+, is seen clearly in 

ODP 801C (Andersen et al., 2015) and DSDP 417 (Chapter 3), but only in a single Khantaishir 

sample KTB4, ẟ238U −0.201 ± 0.015 ‰ 2SE and Gabal Gerf sample, GG81 ẟ238U −0.199 ± 0.043 

‰ 2SE. The dominance of isotopically light compositions can be explained due to how the U 

system in the alteration of the oceanic crust may change over time with the age of the oceanic 

crust. Uranium alteration and addition to the oceanic crust is thought to occur over the lifetime of 

the oceanic crust, or at least as long as ~ 65 Myr, while it is still hydrothermally active (Staudigel, 

2014), and mostly occurs at low temperatures off-axis (Andersen et al., In prep) (Fig. 11a). As 

oceanic crust gets older, the sediment package on top becomes thicker and seawater flow through 

the crust becomes more restricted and fluids become more reducing. This can result in oceanic 

crust becoming higher in ẟ238U over time (Fig. 11b). This is observed in the difference between 

ODP 1256D, which is only ~ 15 Ma old and predominantly shows low ẟ238U, versus ODP 801C 

at ~ 170 Ma old and shows on average a high ẟ238U composition. We can use the age of obduction 

of the Annieopsquotch, Khantaishir and Gabal Gerf ophiolite to approximate a minimum time 

for which the basaltic crust spent on the seafloor. All of the three ophiolites were obducted within 

around 30 Myr (Kröner et al., 1992; Lissenberg et al., 2005; Jian et al., 2014). Therefore, a similar 

level of U enrichment (Fig. 11a), and a predominantly isotopically light signal (Fig. 11b), as is 

clearly seen in Annieopsquotch and similar to ODP 1256D, is to be expected, with Khantaishir 

and Gabal Gerf (that had longer as ocean floor before obduction) showing only slightly higher 

average ẟ238U compositions (Fig. 11b). This could be explained by these ophiolites having not had 

enough time on the seafloor to acquire significant high ẟ238U.  
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Fig. 11. Average U enrichment and ẟ238U vs. age of  oceanic crust for ocean drill site 

samples and ophiolite samples within secular equilibrium. Ocean drill site samples 

are the same as in Chapter 3 table 2, ophiolite sample age is calculated as the age 

of  the ophiolite subtract the age of  obduction. (a) U enrichment is calculated as in 

Chapter 3 table 2 for ocean drill site samples, ophiolite sample enrichment average 

is calculated from the average U concentration of  samples within secular equilibrium 

relative to an average value for fresh MORB from all ocean drill site averages for 

fresh MORB (~ 40 ng g−1), relative levels of  U enrichment for Annieopsquotch, 

Khantaisihr and Gabal Gerf  (for samples in our bounds of  secular equilibrium) is 

2.0, 2.3 and 1.9 respectively. (b) ẟ238U is calculated as in Chapter 3 table 2, as an 

average weighted by U concentration. Errors bars are 2SE. 
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While the variations in ẟ238U seen in all three of our ophiolites are smaller than those observed in 

modern sections of AOC, there is significant variability in all three (Fig. 4), reflecting heterogenous 

ẟ238U compositions that informs on past ocean conditions. Our samples also broadly reflect more 

extensive alteration (seen by more variation in ẟ238U, U concentration and Th/U), in the extrusive 

sections of the ophiolites (Fig. 7), a similar trend to what is observed in modern sections of AOC. 

A few samples, notably in Gabal Gerf, GG179 and GG81 extended between ẟ238U −0.719 ± 0.032 

‰ 2SE and −0.199 ± 0.043 ‰ 2SE, that respectively indicate oxic adsorption of U6+ and reduction 

of U6+, which therefore implies the existence of oxygen rich deep oceans since at least 750 Ma. 

Compared to modern day seawater, ẟ238U in the ophiolites extends to values above and below. 

Even if seawater had a different ẟ238U composition in the past, each ophiolite still likely shows 

some degree of relative variability, due to heterogenous compositions, which is the key feature of 

modern AOC (ẟ238U heterogeneity). Samples from Gabal Gerf however do mostly overlap with 

the “little altered MORB” region and are largely within uncertainty of one another (in terms of 

ẟ238U, U concentration and Th/U), other than GG179 (Fig. 4). The small isotopic variation in 

ẟ238U (2SD = 0.150 ‰) in the Gabal Gerf samples, bar GG179, could suggest that there was 

limited fractionation during uptake of U into oceanic crust at 750 Ma. This would imply that deep 

oceans potentially had low levels of oxygen content, i.e., sub-oxic conditions, as a large redox 

gradient between oxygenated deep waters and oceanic crust is needed to drive the isotopic 

fractionations seen in modern altered oceanic crust, Annieopsquotch and, Khantaishir ophiolites. 

However, the one sample, GG179, a pillow lava, is still significantly isotopically light ẟ238U, −0.719 

± 0.032 ‰ 2SE, which would indicate oxic adsorption of U6+, and thus oxygen rich or sub-oxic 

deep oceans. 

 

The mid-late Neoproterozoic, 850 to 542 Myr has long been identified as a period of change in 

oxygen atmospheric and oceanic content, with a second significant oxygen rise (after the GOE) 

falling somewhere in this time range (e.g., Lyons et al., 2014 and references therein). Numerous 

studies have indicated that deep oceans were oxic since at least the mid Edicaran, ~ 580 Ma (e.g., 

Canfield et al., 2007), and potentially since the end of the Cryogenian at 635 Ma linked to the end 

of the Marinoan glaciation (Sahoo et al., 2012). Our data from the Khantaishir and 

Annieopsquotch ophiolites agree with these timings with both indicating oxygenated deep oceans 

at 540 and 480 Ma respectively, and data from Gabal Gerf may extend the time back to at least 

750 Ma, where oxygen levels in the deep oceans may have been lower, i.e., potentially sub-oxic.  
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There is still however, much debate about when deep oceans first became oxygenated. Recent 

studies have shown that rather than steady conditions, there was significant variability in Ediacaran 

oceans and that the time period was punctuated by brief periods of oxygenated deep oceans against 

a backdrop of anoxic oceans (Sahoo et al., 2016). The disappearance of banded iron formations at 

1.8 Ga has long been used (Holland, 1984) to suggest a change in oceanic oxygen contents after 

1.8 Ga, with oxygen removing Fe2+ from oceans. However other views have emerged from ideas 

of periodically sulfidic oceans to ferruginous oceans in the Proterozoic and continued periods of 

anoxia (e.g., Canfield, 1998; Canfield et al., 2008; Planavsky et al., 2011; Lyons et al., 2014), 

suggesting that changes were not necessarily uniform or persistent. Slack et al. (2007) use cerium 

(Ce) anomalies to indicate that Proterozoic oceans from 1.8 Ga onward may not have been 

uniformly sulfidic, but contained some dissolved oxygen either persistently or periodically. Small 

negative and positive Ce anomalies in hydrothermal silica-iron oxide ~ 1.7 Ga sediments from 

deep water settings related to volcanogenic massive sulphides (VMS) suggest that the deep oceans 

had a transitional redox state, with sub-oxic oxygen levels and no hydrogen-sulphide. Further 

occurrences of jasper and iron in other VMS deposits in the Mesoproterozoic also reflect 

oxygenated and not sulphidic  deep ocean waters (Slack et al., 2007). Thus from ~ 1.8 to 0.8 Ga, 

deep oceans potentially had transient sub-oxic conditions.  

 

Our Gabal Gerf U isotopic, U concentration and Th/U data would best fit with a model of deep 

ocean oxygenation that was sub-oxic at 750 Ma, as interpreted from the lowest U enrichment 

levels, smallest variation in ẟ238U bar one sample (GG179) and Th/U values largely overlapping 

with MORB. Our data corroborates with other studies of fully oxygenated oceans by at least 540 

to 480 Ma, as indicated by the Khantaishir and Annieopsquotch samples that show more generally 

expected trends in Th/U and U concertation (Fig. 6a) and variations in ẟ238U. Therefore, the period 

between 750 to 540 Ma may have been a period of sub-oxic variable oxygen levels. An ophiolite 

section pre-dating 750 Ma showing no to very little isotopic variability in ẟ238U would be key in 

defining an upper age for the timing of deep ocean oxygenation. 

 

Heterogeneity in ẟ238U, mineralogical variations, the spread in U concentrations, variations with 

depth, and Th/U ratios all indicate that U uptake into the oceanic crust of the Annieopsquotch, 

Khantaishir and Gabal Gerf ophiolite occurred under conditions at least somewhat similar to those 

in the modern-day oceans. Our ophiolite samples reflect the style of isotopic variability from U 

uptake in recent oceanic crust via different pathways (Fig. 12). Uptake of U under oxidising 

conditions, leading to low ẟ238U, is observed in samples from all three ophiolites and most 
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dominantly seen in Annieopsquotch samples, but to the largest extent in a Gabal Gerf sample. 

While the uptake of U associated with more reducing conditions and the partial reduction of U6+ 

to U4+, is not as prevalent in the ophiolite samples (potentially due to relatively young age of this 

particular oceanic crust when obducted onto land), as in modern altered crust. There are some 

samples, e.g., one in Gabal Gerf and Khantaishir, that do reflect this in their high ẟ238U 

compositions (Fig. 4) and alteration mineralogy, e.g., rich in secondary carbonate (Fig. 9c). 

Therefore, from our data we propose, that deep oceans were oxygen rich or at least sub-oxic since 

potentially 750 Ma. 

 

The concentration of dissolved oxygen in seawater that these various conditions, anoxic, sub-oxic 

and oxic, may relate to is uncertain and may differ for various elemental proxies which may respond 

at differing levels of dissolved oxygen content. Stolper and Keller (2018) based on the Fe3+/FeT 

ratio in ophiolites employ a model to calculate deep ocean O2 concentrations based on the amount 

needed to change from initial Fe3+/FeT  of MORB to measured Fe3+/FeT  values in ophiolites. We 

use their calculated deep ocean O2 concentrations for various geological time periods as an 

approximation of the O2 concentrations that may relate to changes in the U systematics in altered 

oceanic crust. Modern deep oceans, which we base our U system comparisons on, that are ‘oxygen 

rich / oxic’ have an average dissolved O2 concentration of ~ 180 ± 80 µmol kg−1 (Sarmiento and 

Gruber, 2006). In the Archean (> 2500 Ma) deep oceans Stolper and Keller (2018) model O2 

concentrations of  −3 ± 18 µmol kg−1  , indicating anoxic conditions. In the early Palaeozoic (~ 

541 to 420 Ma) the time period bracketing the Khantaishir and Annieopsquotch ophiolite, that 

clearly indicate oxic conditions from U systematics, deep ocean O2 concentrations were around 29 

± 29 µmol kg−1, this value indicating what may represent oxic conditions for U systematics in the 

alteration of the oceanic crust. Modelled O2 concentrations in the Neoproterozoic (1000 to 541 

Ma), which brackets the Gabal Gerf ophiolite that may represent sub-oxic conditions from U 

systematics, are 11 ± 20 µmol kg−1  (Stolper and Keller, 2018) and may indicate the conditions at 

which the U system may start to behave in a way similar to the modern day. These values, while 

calculated from Fe3+/FeT systematics, approximate the level of dissolved oxygen needed in the 

deep oceans to cause a change in the behaviour of U during its uptake into the oceanic crust. 

Further work on the magnitude of U isotopic fractionations that may occur at different levels of 

O2 concentration in the deep ocean is needed to further inform on how U systematics in ancient 

AOC may relate to the level of dissolved O2 in deep oceans.  
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Fig. 12. Uranium concentration vs. ẟ238U for ophiolite samples and sections of  AOC. 

Figure is adapted from Andersen et al. (In prep) and Chapter 3. Sections of  AOC 

included are the same as in figure 1 and 4 and readers are referred to those for a 

description of  symbols. Seawater composition from Andersen et al. (2015). Vectors 

of  pathways of  U addition and associated isotopic fractionation are highlighted by 

block arrows. Yellow shaded region represents N-MORB from Andersen et al. 

(2015). 

 

4.5.3 Comparison to estimates from iron oxidation state 

 

Given the above approximation it is worthwhile to compare the time estimate of deep ocean 

oxygenation from the Fe3+/FeT  ratios of ophiolites from Stolper and Keller (2018) and that from 

U systematics in ophiolites. The Fe3+/FeT ratio estimate for deep ocean oxygenation is < 420 Ma 

(Stolper and Keller, 2018), contrasts with our estimate of oxygen rich / sub-oxic deep oceans since 

750 Ma. The Neoproterozoic (1000 to 541 Ma) ophiolites used in the compilation of Stolper and 

Keller (2018) however do show significant variation in Fe3+/FeT that may reflect tenuous oxic / 

sub-oxic ocean conditions at some times. Five ophiolites in this time range have Fe3+/FeT values 
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above 0.31, the upper bound for unaltered MORB (Stolper and Keller, 2018), but not as high (e.g., 

0.47) as late Palaeozoic ophiolites. These Neoproterozoic ophiolites are Wadi Onib (808 Ma) 

Fe3+/FeT  ~ 0.41 (Hussein et al., 2004), Fawakhir (736.5 Ma) Fe3+/FeT ~ 0.36 (Stern, 1981), 

Wuyitak (554.5 Ma) Fe3+/FeT ~ 0.42 (Wang et al., 2002), Kudi (554.5 Ma) Fe3+/FeT ~ 0.37 (Wang 

et al., 2001), and Yushigou (550 Ma) Fe3+/FeT ~ 0.36 (Hou et al., 2006). These data are consistent 

with the view that Neoproterozoic oceans had some appreciable level of deep ocean oxygen 

contents. The Wadi Onib and Fawakhir ophiolite are geographically related to the Gabal Gerf 

ophiolite, all forming part of the Arabian Nubian shield and are of similar ages, and likely formed 

in similar environments. Thus, the Fe3+/FeT data of the Wadi Onib and Fawakhir ophiolite are 

consistent with the ẟ238U data of Gabal Gerf, which indicate potential oxygen rich / sub-oxic deep 

oceans around 750 Ma.  

 

Given this, we would potentially expect a correlation between Fe3+/FeT and ẟ238U, with higher 

Fe3+/FeT correlating with low 238U, as is seen in DSDP 417A (Chapter 3). However, samples from 

Gabal Gerf show no significant correlation between ẟ238U and Fe3+/FeT (Fig. 13a). There samples 

have generally low Fe3+/FeT ratios; the average ratio for extrusive rocks from Gabal Gerf is 0.16, 

or 0.18 for all lithologies. Sample GG179 with the most extreme low ẟ238U composition does not 

have elevated Fe3+/FeT, (0.17). There is also no correlation between ẟ234U and Fe3+/FeT
 (Fig. 13b). 

If Fe ratios were affected by recent alteration as recorded by ẟ234U, a correlation between the two 

would be expected. This suggests that any variation in the Fe3+/FeT
 has not occurred due to recent 

alteration such as subaerial weathering that may easily alter Fe oxidation. A lack of correlation 

between Fe3+/FeT and ẟ238U however does not preclude alteration in times when deep oceans were 

oxygen rich. For example, discrete samples from DSDP 417D (Chapter 3) show no correlation 

between ẟ238U and Fe3+/Fe despite having high and low ẟ238U compositions. In chapter 3, this was 

interpreted to reflect alteration under reducing conditions (low Fe3+/FeT ratios) and partial 

reduction of U6+ to U4+, leading to high ẟ238U, and leaving a residual fluid depleted in U but 

enriched in light U isotopes, that could go on to alter other portions of crust at a similar depth, 

imparting a low ẟ238U composition, with low Fe3+/FeT ratios. This scenario is a possible 

explanation for GG179, with a low ẟ238U −0.719 ± 0.032 ‰ 2SE, low U concentration 22 ng g–1, 

and low Fe3+/FeT ratio 0.17. Therefore, given that the partial reduction of U6+ to U4+ still requires 

oxygen rich water, the lack of correlation between ẟ238U and Fe3+/FeT ratios, as in Gabal Gerf, 

does not preclude the presence of oxygenated deep oceans. Thus, in light of ophiolites from a 

similar region and timespan to Gabal Gerf and trends in modern altered oceanic crust, oxygen 

levels in deep oceans may have been oxygen rich / sub-oxic since at least 750 Ma. 
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Other factors that may contribute to the decoupling of ẟ238U and Fe3+/FeT may be that low ẟ238U 

could be dominated by U adsorption to iron manganese surfaces, a process that should not affect 

the Fe3+/FeT ratio. Secondly what is “oxygenated” for one element may be different for another 

element. This is represented on pourbaix (EH-pH) diagrams that show the voltage (redox) potential 

of a phase at a given pH, i.e., if a phase will be oxidising or reducing. Contrasting the Fe and U 

systems (Fig. S2) for a modern-day ocean pH, ~ 8, Fe and U are both preferred in their oxidised 

phases at a similar EH (i.e., level of oxygen content) (Fig. S2), and so can be expected to show 

similar behaviour and perhaps correlate, as they do in some modern sections of AOC. However, 

the pH of the oceans has not been constant over geological time. Recent estimates and modelling 

suggest that ocean pH likely increased from ~ 6.6 to ~ 8 at the Proterozoic – Phanerozoic 

boundary (e.g., Halevy and Bachan, 2017; Krissansen-Totton et al., 2018). Lower pH in the 

geological past would decouple the Fe and U systems, with U being stable in oxidised forms at 

lower EH levels than Fe, when pH is lower (Fig. S2). Therefore, in the past, with lower ocean pH, 

such as at 750 Ma, conditions may have been oxic enough for U to undergo redox reactions, but 

not enough for Fe. Therefore, the estimates from Fe and U systematics do not necessarily need to 

agree, as what level of O2 is oxic / sub-oxic for one is not necessarily the same for the other. 

Uranium systematics may reflect oxic / sub-oxic conditions at lower levels of O2, e.g., 11 ± 20 

µmol kg−1 (modelled conditions in the Neoproterozoic (Stolper and Keller, 2018)), while Fe 

systematics may not show a noticeable change until the late Palaeozoic (420 to 252 Ma) with O2 

concentrations ~ 55 ± 42 µmol kg−1 (Stolper and Keller, 2018). This further helps to explain the 

contrasting evidence that Gabal Gerf ophiolite samples give for deep ocean oxygenation from U 

and Fe systematics.  
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Fig. 13. Variation in Fe3+/FeT vs. U isotope ratios for Gabal Gerf  samples near (fil led 

symbols) and out of  (hollow) secular equilibrium. (a) Fe3+/FeT vs. ẟ238U. (b) 

Fe3+/FeT vs. ẟ234U.  Errors bars are 2SE. Iron data is from Stolper and Keller (2018) 

and references therein.  
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4.5.4 Implications for mantle mixing timescales 

 

The recycling of isotopically distinct AOC into the upper mantle has been implicated in generating 

isotopic heterogeneity in mantle reservoirs (e.g., Hofmann and White, 1982; Zindler and Hart, 

1986; Hofmann, 1997; Andersen et al., 2015; Hin et al., 2022). Ocean island basalts, which may 

sample the lower mantle, preserve an ẟ238U signature indistinguishable from BSE as determined 

from chondrites. Normal-mid-Ocean ridge basalts have been shown to be ~ 0.04 ‰ higher in 

their U isotopic composition than OIB and BSE and interpreted as reflecting the admixture of 

isotopically heavy recycled AOC into the MORB source, the upper mantle. The recycling of 

isotopically distinct U in AOC, however, would only occur with oxygenated deep oceans, necessary 

for the U isotopic heterogeneity in AOC to be created (Andersen et al., 2015). Therefore, based 

on our ophiolite data, isotopically distinct U has at least been recycled into the mantle since ~ 750 

Ma, pushing back other estimates, such as 600 Ma used in Andersen et al. (2015), based on U 

content in shales (Partin et al., 2013). It is worth pointing out that the N-MORB signature requires 

isotopically heavy AOC, and our ophiolite samples with clear indications of oxygenated deep 

oceans on average have isotopically light U compositions. The apparent conflicting signatures are 

explainable by the oceanic crust being obducted onto land before it had time to become 

isotopically heavy, as altered oceanic crust should only become isotopically heavier in U over its 

evolution (Andersen et al., In prep) (Fig. 11). This new time estimate of oxygen rich / sub-oxic 

deep oceans since at least 750 Ma places important time constraints on the timescales of mixing 

in the upper mantle, and the survival and generation of chemical heterogeneity. While the timescale 

is only a lower bound on how long isotopically U has been recycling for, it highlights the usefulness 

of the U system and its evolution over geological time for ascertaining mantle mixing timescales.  
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4.6 Conclusions 
 

Ophiolite samples from the Annieopsquotch 480 Ma, Khantaishir 540 Ma and Gabal Gerf 750 

Ma ophiolite have variations in Th/U ratios and ẟ238U that mirror those observed in modern day 

altered oceanic crust. We filter our data set of samples to only include those with ẟ234U values near 

secular equilibrium and thus most likely to record U isotopic perturbation generated on the ocean 

floor, rather than potential recent terrestrial alteration. The data reflect the presence of U6+ in deep 

oceans since at least 750 Ma, indicating that deep oceans were oxygenated or at least sub-oxic. This 

time estimate is older than other recent estimates such as from Fe3+/FeT, which may be explained 

by Fe and U systematics responding in different ways to oxic conditions or at different levels of 

oxygenation. While an important global change for surface biological and geochemical cycles, 

oxygenated deep oceans and the generation of U isotopic heterogeneity in AOC can impact mantle 

heterogeneity through crustal recycling of surface derived material. The subduction of isotopically 

distinct ẟ238U AOC since at least 750 Ma places bounds on mixing timescales for the mantle. 

Normal-MORB with ẟ238U values reflecting an admixture of recycled oceanic crust into the upper 

mantle means that subduction can mix in recycled crustal components into the upper mantle 

within 750 Myr.  
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4.8 Supplementary information 
 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. S1. Photomicrograph of  KBT4 ophiolite sample from Khantaishir under plane 

polarised light (ppl). Scale bar is 1000 um and is denoted by the red line. Mineral 

abbreviations are, cpx – Clinopyroxene, cc – Calcite. This image is used as a 

counterpart to Fig. 9c to show that alteration mineralogy is not dominated by green 

alteration minerals. 
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Fig. S2. Pourbaix diagrams for the Fe and U systems, showing the stabilities of  

complexes at different redox states. Green lines are for the Fe system, and blue for 

the U system. Yellow line is for an assumed modern-day ocean pH of  ~ 8. Individual 

pourbaix diagrams have been reproduced and over lain on each other from the Atlas 

of  EH-pH diagrams using versions produced using the SUPCRT92 database that is 

commonly used in aqueous geochemistry (Takeno, 2005). Calculations for Pourbaix 

diagrams were calculated at 298.15 K, 105 Pa and U and Fe concentrations of  10−10 

mol Kg−1 (~ 0.0238 and 0.0056 ng g−1 respectively), this is lower than their 

concentrations in seawater, ~ 3 and ~ 0.04 ng g−1 respectively (Ku et al., 1977; 

Johnson et al., 1997; Owens et al., 2011); concentrations  used are sufficiently low 

such that activity coefficients can be assumed to be unity and there is no 

precipitation of  solid phases. 
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5.1 Introduction 
 

The Earth’s upper mantle is sampled along a global system of mid-ocean ridges (MOR) that erupt 

mid-ocean ridge basalts (MORB), creating new oceanic crust. Studies of global MORB samples 

have shown that the Earth’s upper mantle is chemically heterogenous with the abundance of highly 

incompatible elements largely grouping MORB into two groups (Fig. 1) (e.g., Schilling, 1975; 

White and Schilling, 1978; Sun et al., 1979; Zindler and Hart, 1986; Hofmann, 1997; Rehkämper 

and Hofmann, 1997; Niu et al., 2002; Donnelly et al., 2004; Hémond et al., 2006; Waters et al., 

2011; Gale et al., 2013; Andersen et al., 2015; Bezard et al., 2016; Nielsen et al., 2018; Chen et al., 

2022; Hin et al., 2022),. Along the majority of MOR segments, most basalts have ‘depleted’ 

signatures, namely ratios of more to less incompatible elements lower than the primitive mantle, 

often defined by the lanthanum/samarium ratio normalized to primitive mantle, (La/Sm)N < 1, 

(Sun and McDonough, 1989; Gale et al., 2013), or a potassium oxide/titanium dioxide (K2O/TiO2) 

ratio < 0.11 (Marty and Zimmermann, 1999).  These samples are termed normal (N)-MORB (Fig. 

1). Some samples have higher incompatible element abundances and these are also typically 

associated with (La/Sm)N > 1, and or K2O/TiO2 > 0.11 and defined as enriched (E)-MORB (Fig. 

1).   

 

Varying origins of these chemically enriched regions in the upper mantle have been proposed. 

Some E-MORB locations are from topographically elevated ridge sections and can be understood 

in terms of enriched, hot-spot source upwelling from greater depth (Schilling, 1973, 1975; Sun et 

al., 1979). However, for E-MORB that occur at MOR segments far from the influence of mantle 

plumes, the origin of the chemical enrichment is highly debated. Two general models have 

emerged that remain unreconciled. Some argue that the subduction and recycling of oceanic crust 

into the mantle causes enrichment (Allègre and Turcotte, 1986; Prinzhofer et al., 1989; Rehkämper 

and Hofmann, 1997; Pertermann and Hirschmann, 2003; Hémond et al., 2006; Sobolev et al., 

2007; Waters et al., 2011; Ulrich et al., 2012; Brunelli et al., 2018; Nielsen et al., 2018; Yang et al., 

2020).  Others contend that low degree partial melting of the uppermost mantle metasomatizes 

oceanic mantle lithosphere, enriching portions that are subsequently recycled into the upper 

mantle (Green and O’Hara, 1971; Green and Liebermann, 1976; Kostopoulos and Murton, 1992; 

Halliday et al., 1995; Niu et al., 2002; Niu and O’Hara, 2003; Donnelly et al., 2004; Chen et al., 

2022). 
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Novel stable isotope ratios that undergo mass dependent fractionations offer new constraints on 

the causes of upper mantle chemical heterogeneity and enrichment. Uranium (U) and molybdenum 

(Mo) are two attractive elements for investigating processes of crustal recycling due to large low 

temperature isotopic fractionations that can occur during seawater / hydrothermal fluid chemical 

alteration of the oceanic crust (Andersen et al., 2015) and processing of recycling oceanic crust in 

subduction zones (Freymuth et al., 2015; König et al., 2016; Gaschnig et al., 2017; Villalobos-

Orchard et al., 2020; Ahmad et al., 2021; Hin et al., 2022).  

 

Hin et al. (2022) have shown that Mo isotopes, ẟ98Mo (where ẟ98Mo is the 98Mo/95Mo ratio relative 

to international reference standard NIST SRM3134) trace the recycling of subduction zone 

processed oceanic crust into the N-MORB source (Fig. 2a). During subducting slab dehydration, 

isotopically heavy fluids are released, inferred from volcanic arc lavas (Freymuth et al., 2015; König 

et al., 2016; Gaschnig et al., 2017; Villalobos-Orchard et al., 2020), leaving an isotopically light 

residue, seen in the ẟ98Mo of exhumed eclogites (Chen et al., 2019; Ahmad et al., 2021), that can 

be stirred into the mantle (Fig. 2a). It is thought that this process of crustal recycling into the upper 

mantle perturbs the N-MORB source to lighter Mo isotope values than bulk silicate Earth (BSE) 

as defined by chondrites (Burkhardt et al., 2014; Liang et al., 2017), and higher cerium (Ce)/Mo 

ratios (with Ce being an element of similar incompatibility, but different fluid mobility to Mo; Mo 

is fluid mobile, Ce is not), with at least ~ 1 Gyr of recycling (as shown by mass balance models of 

crustal recycling) needed to cause the change in ẟ98Mo (Hin et al., 2022).  

 

Andersen et al. (2015) showed that U isotopes, ẟ238U (where ẟ238U is the 238U/235U ratio relative to 

international reference standard CRM-145), like Mo, appears to trace the recycling of crust into 

the N-MORB source (Fig. 2b). Unlike Mo however, the U isotopic system appears to reflect the 

importance of seawater / hydrothermal fluid chemical alteration of the oceanic crust on its 

composition. Alteration of oceanic crust strongly increases its U concentration and the added U 

is, on average, isotopically heavy (Andersen et al., 2015, In prep, Chapter 3, 4). Slab dehydration 

then makes the slab residue isotopically heavier as fluids released from the down going slab are 

inferred, from arc lava compositions, to carry isotopically light U (Andersen et al., 2015; Freymuth 

et al., 2019). Adding this recycled crust into the upper mantle perturbs the N-MORB source to U 

compositions isotopically heavier than BSE (Andersen et al., 2015), and lower thorium (Th)/U 

ratios (e.g., Zartman and Haines, 1988; McCulloch, 1993; Collerson and Kamber, 1999; Elliott et 

al., 1999). 
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The U system makes an interesting contrast to the Mo system, as the perturbation of the upper 

mantle operates on a different timescale. As detailed in Andersen et al. (2015) and chapter 4, super-

chondritic (higher values than BSE) ẟ238U isotopic compositions have likely only been recycled 

since the onset of deep ocean oxygenation, constrained in chapter 4 to have been around 750 Ma. 

This helps provide constraints on the timescales it takes to pollute and mix the upper mantle with 

surface derived material. Ocean island basalts (OIB), that may sample the deeper mantle do not 

show evidence of contamination with this recycled, isotopically heavy U (Fig. 2b), but their Th/U 

ratios do reflect the addition of isotopically unperturbed U to their sources (i.e., excess U recycled 

prior to 750 Ma). Ocean island basalts with successively younger Pb model source ages have 

progressively  lower Th/U ratios (Andersen et al., 2015 their figure 3). This has implications for 

subduction zone processing on the U isotope system, either suggesting that it may be of little or 

secondary importance, relative to the composition of altered oceanic crust. While OIB do not 

show the signature of recycled oceanic crust altered in oxygenated deep ocean water conditions in 

their sources, recycled crust will pass through the subduction zone filter, which also generates an 

isotopically heavy residue, prior to 750 Ma, but potentially not enough to perturb OIB sources. It 

could also suggest that, again at least for the U system, slab dehydration and arc lava generation 

has only operated in the modern way (Andersen et al., 2015; Freymuth et al., 2019) since the 

oxygenation of the deep ocean, suggesting some control of redox properties of the slab on arc lava 

compositions.  

 

Given the success of Mo and U isotopes in tracing the admixture of recycled oceanic crust into 

the upper mantle N-MORB source, they offer a promising way to investigate hypothesis of E-

MORB formation. Recent studies have shown that many E-MORB have chondritic or slightly 

super-chondritic compositions in ẟ98Mo (Bezard et al., 2016; Chen et al., 2022) and are resolvable 

from N-MORB. Our aim in this work is to combine U with Mo measurements on a set of E-

MORB samples as a further diagnostic test for recycled crustal component in the E-MORB source.  
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Fig. 1. Global database of  MORB from Gale et al. (2013) with boundaries for E-

MORB defined on (La/Sm)N and K2O/TiO2 shown. Normal and E-MORB samples with 

Mo and or U isotopic data are shown, yellow squares are N-MORB from literature 

(Andersen et al., 2015; Bezard et al., 2016; Chen et al., 2022; Hin et al., 2022), 

blue hollow circ les are from literature E-MORB (Bezard et al., 2016; Chen et al., 

2022) and fil led blue circ les are E-MORB from this study.  
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Fig. 2. Summary graphs of  the (a) Mo and (b) U isotopic systems to il lustrate how 

the composition of  N-MORB is plausibly affected by crustal recycling. Molybdenum 

and U elemental abundance variations are shown against Ce and Th respectively, 

f luid immobile elements of  similar incompatibility to Mo and U. Eclogites have not 

been measured for their U isotopic composition and the hypothesised vector (low 

Th/U and isotopically heavy ẟ238U) has been indicated. Molybdenum OIB data is from 

Hibbert (Thesis unpublished). Mean subducting sediment compositions from ODP 

sites 800, 801 and 802 (Andersen et al., 2015; Freymuth et al., 2015) have been 

shown as arrows above figures to indicate U and Mo isotopic compositions. Other 

data is compiled from literature (Burkhardt et al., 2014; Andersen et al., 2015; 

Bezard et al., 2016; Chen et al., 2019, 2022; Freymuth et al., 2019; Villalobos-

Orchard et al., 2020; Hin et al., 2022) and for Mo follows the filtering of  Hin et al. 

(2022) who exclude two super-chondritic N-MORB from Bezard et al. (2016) and 

all MORB data from Liang et al. (2017) as they are potentially anomalous. 
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5.2 Geological location and samples 
 

The E-MORB samples for this study are from the slow spreading Mid-Atlantic Ridge and are 

sourced from two regions that show incompatible element enrichments (Table 1, Fig. 3a-c). We 

measured 5 samples from ~ 13° N 44° W, between the Fifteen-Twenty Fracture Zone (to the 

north) and Marathon Fracture Zone (to the south). Enriched-MORB in this segment are common, 

with up to forty times higher concentrations of highly incompatible elements than in N-MORB 

from segments nearby (Bougault et al., 1988). The 13° – 14° N area has several oceanic core 

complexes, where slow spreading rate allows for large displacement extensional detachment 

faulting, resulting in the exhumation of a low angle domed foot wall massif, comprising lower crust 

and upper mantle peridotite (Wilson et al., 2013). Our E-MORB samples from this location are 

from the study of Wilson et al. (2013) and were collected by dredging in the RSS James Cook 

JC007 cruise in March – April 2007. They represent a group of basalts erupted before the 

formation of oceanic core complexes in the area, and now sit slightly off axis, having been erupted 

at ~ 0.5 – 1 Ma. We also measure 11 samples from ~ 45° N 28° W along the Mid Atlantic ridge, 

just south of the Maxwell fracture zone and north of the Azores fracture zone, where E-MORB 

also commonly occur (White, 2010). These samples are from Murton (pers. comm) and were 

collected as part of RSS James Cook cruise JC024 May – June 2008.  

 

The closest mantle plume to both our sample sites (13° & 45° N) is the Azores plume at ~ 38° N 

28° W (White, 2010), which forms the Azores island chain sitting to the east of the MAR. Various 

studies have shown that in this region the Azores plume interacts with the ridge, causing close 

segments of the ridge to become broader and shallower (Bohnenstiehl et al., 2003). Material from 

the Azores plume is thought to flow southwards along the ridge, with elevated La/Sm ratios 

observed between 35-40° N and lower, more N-MORB like, signatures below 30° N and above 

40° N, with no detectable effects of the plume being observed further south than 26° N (Schilling, 

1973; White and Schilling, 1978; Thibaud et al., 1998; Maia et al., 2007). Average crustal thickness 

immediately north of the Azores plateau is close to 6 km and does show any thickening from 

plume interaction. Thus, our sample sites sit outside the apparent zone of influence of the Azores 

plume, and geochemical enrichment should not be linked to plume-ridge interaction, in keeping 

with several other regions along the central MAR rich in E-MORB samples e.g., 17 – 20° N and 

23° N (Kane Fracture Zone) (Bougault et al., 1988).   
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All our samples show large enrichments, up to over an order of magnitude, in the most 

incompatible elements (e.g., Rb, Ba, Th, Nb, U and La) relative to a representative N-MORB 

composition from Gale et al. (2013) (Fig. 3a-c). Samples largely form an array extending between 

an average N and E-MORB composition, reflecting higher enrichment in more incompatible 

elements (Fig. 3a-c). Molybdenum is also relatively enriched in most of our E-MORB samples 

relative to N-MORB, while more moderately incompatible elements such as Sm, Zr and heavy 

rare earth elements (e.g., Gd to Lu) show small levels to no enrichment relative to N-MORB (Fig. 

3a-c). This pattern of enrichment is an important observation that places constraints on the 

formation of E-MORB sources (Donnelly et al., 2004). Our samples also show little evidence for 

incompatible element enrichment via magmatic differentiation, varying between only ~ 10 – 7 

MgO wt. % and no trend with other oxides such as CaO wt.% is seen (Fig. 3d). 

  

 

Region Sample 
Latitude 

(°N) 

Longitude 

(°W) 

Depth 

(m) 

Age 

(Ma) 

MAR 45 °N JC24 

79-22 45.49 27.86 2568 1 

80-23 45.44 27.88 2651 2.5 

81-5 45.71 27.78 3457 3 

81-21 45.62 27.85 3062 2.5 

83-7 45.55 27.89 3326 1.5 

84-5-2 45.55 27.88 3088 1 

88-26 45.39 27.88 3048 1.5 

89-13 45.59 27.81 3511 2 

90-13 45.60 27.84 2949 1.5 

92-21 45.48 27.89 3032 2 

93-35 45.48 27.87 2632 1.8 

MAR 13 °N JC7 

D15-1 13.07 44.09 4496 0.5 – 1 

D16-17 13.03 44.84 4820 0.5 – 1 

D24-7 13.35 44.90 3011 0.5 – 1 

25-3.1 13.40 44.89 3857 0.5 – 1 

D26-3 13.66 44.97 3496 0.5 – 1 

Table 1. Enriched MORB samples used in this study from the Mid-Atlantic ridge, data 

is sourced from Wilson et al. (2013) and Murton pers. comm. 
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Fig. 3. (a-c) Incompatible element ratios and (d) CaO wt. % vs. MgO wt. % of  E-

MORB samples measured in this work. Our E-MORB samples are shown as circ les 

(45 °N) and squares (13 °N) in blue. A representative N-MORB (yellow crossed 

square) and E-MORB (green square with a star symbol) from Gale et al. (2013) is 

shown for comparison.  
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5.3 Methods 
 

5.3.1 MORB glass picking 

 

Hand specimen samples of E-MORB were crushed and processed to ~ 1000 µm size glass chips. 

Glass chips were further crushed using an agate pestle and mortar, and sieved, aiming for a size of 

~ 600 µm.  Mid-ocean ridge basalt glasses potentially experience seawater alteration, including Fe–

Mn coatings precipitated on their surfaces, which can contain high concentrations of Mo and U. 

For example, it has been shown that the inclusion of Fe-Mn coatings that have high Mo contents 

~ 450 ug g–1, with extremely fractionated Mo isotopic composition, ẟ98Mo –2 ‰ (Siebert et al., 

2003) can decrease ẟ98Mo up to ~ 0.07 ‰ (Hin et al., 2022). 

 

To avoid this, MORB glass samples were hand-picked under a binocular microscope to ensure 

samples were optically clear and devoid of any potential alteration. While this process has long 

been employed in various studies of MORB glass, notably in U-series disequilibrium studies 

(Reinitz and Turekian, 1989; Bourdon et al., 2000), it is laborious, and considering the large 

quantities of sample often needed for trace element isotopic analysis (e.g., > 1 g), a rate limiting 

step. Hand picking MORB glass can also be a relatively subjective task, and therefore it is unclear 

exactly what an acceptable limit of “quality” is.  

 

A reliable check of any sample alteration is given by 234U/238U activity ratios. If unaltered by any 

recent seawater alteration (that would likely affect U compositions), the 238U decay chain will be in 

secular equilibrium, and so the activity ratio of 234U/238U, typically expressed as (234U/238U), will be 

at unity. Seawater has (234U/238U) ~ 1.14 and so elevated (234U/238U) in glass samples indicates 

addition of seawater U onto Fe/Mn coatings, which could also indicate adsorption of isotopically 

distinctive Mo. We explored the effect of varyingly stringent picking strategies on samples with 

abundant glass. Different splits of glass, classed A, B, C, D in decreasing degree of quality were 

prepared. Samples of A quality are those that are most optically clear and devoid of all alteration 

and coatings (Fig. 4). Samples of B quality are less optically clear, but still mostly devoid of 

alteration and coatings (Fig. 4). Samples of C quality are even less optically clear or have inclusions 

and minor amounts of coatings (Fig. 4). Glass D quality, with large amounts of inclusions, coatings 

or noticeably different to the bulk sample was rejected and not measured (Fig. 4). While this tripled 

sample preparation time, it does potentially increase the amount of measurable sample, and allows 

an investigation into how selective MORB glass picking needs to be. The amounts of glass picked 
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for each quality (A, B or C) for each sample varied and are listed in table S1. In some cases, different 

splits were combined to ensure there was enough sample to measure.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 4. Example of  different qualities of  MORB glass picked for sample JC24-80-23. 

Red scale bar is 1 mm. The letter assigned denotes the quality of  glass described in 

the main text. 
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5.3.2 MORB glass leaching 

 

All samples underwent a reductive leaching step prior to dissolution to remove any Fe-Mn coatings 

that picking had failed to exclude.  Picked glass samples were poured into 12 ml centrifuge tubes 

and rinsed thrice with > 18 M Ω.cm water (hereafter milli-Q water). Samples were shaken 

vigorously overnight using a vortex shaker with a 10 ml mixture of 0.05 M hydroxylamine 

hydrochloride, 15 % acetic acid and 0.03 N Na-EDTA buffered to pH 4 with NaOH (Gutjahr et 

al., 2007). The leachate was collected, and samples rinsed thrice with 10 ml milli-Q water that was 

also added to the collected leachate solution. Collected leachate solutions were analysed in 0.3 M 

HNO3 for elemental concentrations using an inductively coupled plasma mass spectrometer, 

Element2, at the University of Bristol, see chapter 2 for details. As noted by Andersen et al. (2015) 

leaching can result in small amounts of glass dissolution, and thus U and Mo loss. Ratios of the 

concentrations of elements that absorb to Fe-Mn coatings e.g., U and Mo and to those little 

affected, such as Th, Sc, Ti, and Zr, that would only be removed during glass dissolution, were 

monitored to examine the effects of leaching. For sample JC24-82-21, aliquots of A, B and C 

quality were prepared and analysed before other samples to calibrate methods. This sample was 

leached three times and results indicated that two leaching steps were sufficient to remove any 

potential Fe-Mn coatings and associated alteration, which was followed for other samples. 

 

5.3.3 Sample digestion, ICP-MS analysis, and double spiking 

 

Sample preparation and analysis largely followed Andersen et al. (2015) with some modification. 

Approximately 1 g of leached MORB glass was digested in pre-cleaned Teflon PFA beakers using 

20 ml of 15.6 M HNO3 and 4 ml 28.1 M HF. Samples were evaporated and re-dissolved in 6 M 

HCl to achieve full sample dissolution. For measurement of [Th], [U] (non-isotope dilution), [Mo] 

(non-isotope dilution), and Th/U ratios, small aliquots of dissolved samples (~ 1 %) were taken 

and dissolved in a mix of 0.3 M HNO3 – 0.05 M HF and measured on an Element2 at the 

University of Bristol. Details of measurement protocol followed Andersen et al. (2014), see chapter 

2 for details. Samples were then processed for both U and Mo isotope analysis. Dissolved samples 

were spiked with the 233U − 236U IRMM-3636 double spike (Richter et al., 2008) aiming for a 
236U/235U ratio of ~ 5. Samples were also spiked with a 97Mo – 100Mo double spike, prepared by 

the Bristol Isotope group, with 97Mo/95Mo ratio of 47.58 and 100Mo/95Mo ratio of 58.32. The 

double spike was added to samples according to their Mo concertation aiming for a natural Mo-

double spike Mo proportion of 0.5. 
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5.3.4 Uranium isotope measurements 

 

Samples were then prepared for U separation chemistry as detailed in chapter 2 and outlined briefly 

below. Samples were loaded in 40 ml of 1.5 M HNO3 onto 1 ml of TRU resin (100 – 150 mesh) 

in Bio-Rad Poly-Prep columns. Matrix was eluted in 30 ml of 1.5 M HNO3, before U was collected 

in 10 ml of 0.3 M HF – 0.1 M HCl. The 40 ml of sample load and the first 10 ml of matrix elution 

was collected in 60 ml pre-cleaned Teflon PFA beakers. This solution should contain all the Mo, 

as Mo is not retained on the TRU resin media in low molarity nitric acid solutions. These collected 

splits were then processed for Mo separation chemistry.  

 

The collected U splits from the TRU resin chemistry were then loaded in 5 ml 3 M HNO3 onto 

0.5 ml of UTEVA resin (100 – 150 mesh), for Th and U separation (Chapter 2). Samples were 

then dried and re-dissolved in a requisite amount of 0.2 M HCl for analysis. Uranium isotope 

compositions were measured on the ThermoFinnigan Neptune MC-ICP-MS (serial no. 1002) at 

the Bristol Isotope group in low mass resolution mode (M/ΔM ~ 2000, 5 to 95 % peak height 

definition). Each sample was preceded and followed by a measurement of the double-spiked (with 

a double spike proportion similar to samples) standard CRM-145. Samples were measured at 

varying concentrations, generally between 0.1 to 0.3 ug g−1, correlating to U consumption between 

0.015 to 0.075 ug per measurement. Procedural blanks were < 30 pg U, an insignificant amount 

compared to amount of U consumed per measurement. 

 

The measured double spike isotope ratio of 233U/236U was used with the exponential mass 

fractionation law to correct for mass fractionation of isotope ratios in samples and bracketing 

standards. Ratios were also corrected for the minute 238U, 235U and 234U contributions from the 

IRM-3636 double spike (Condon et al., 2010). U isotope ratios for 238U/235U and 234U/238U of 

samples are reported in ẟ notation with ẟ238U = (238U/235USample / 238U/235UCRM-145) – 1 and ẟ234U = 

[(234U/238USample / 234U/238UCRM-145) × −0.0386], by normalising samples measurements to the 

average of bracketing CRM-145 analyses.  This removes second order non-exponential mass bias 

effects from the analyses. Note that ẟ234U values are reported relative to secular equilibrium, where 

the CRM-145 standard has a ẟ234U of −38.6 ‰ relative to secular equilibrium (Cheng et al., 2013). 

 

Long term external reproducibility at various measured U intensities has been estimated using 

aliquots of the well characterised reference material BHVO2 measured during different analytical 

sessions. The external reproducibility of ẟ238U and ẟ234U for BHVO2 at various intensities (e.g., 
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238U = 200 to 1000 pA) ranges from 0.09 to 0.02 ‰ 2 SD and 4 to 0.9 ‰ 2 SD respectively. The 

external reproducibility of unknown samples has been determined from the long-term external 

reproducibility of BHVO2 measured at various intensities (Chapter 2). Repeat measurements of 

BHVO2 were used to approximate errors on the MORB glass samples measured in this study. 

 

5.3.5 Molybdenum isotope measurements 

 

Sample preparation for Mo separation and processing followed procedures detailed in Willbold et 

al. (2016) and Hibbert (Thesis unpublished) that are outlined in chapter 2. Samples were dissolved 

in 22.5 ml 3 M HCl and 1.25 ml 6 M HCl ready for column chemistry using 2 ml of Eichrom 

AG1X8 100 – 200 mesh anionic resin in Bio-Rad Poly-Prep columns. At least an hour before 

samples were loaded onto columns, 1.25 ml of 1 M Ascorbic acid was added to samples and 

allowed to react to reduce Fe3+ to Fe2+ which is identified by a colour change of samples from 

yellow to green/colourless. After column chemistry samples were dried and re-dissolved in the 

requisite amount of 0.4 M HNO3 – 0.4 M HF for a Mo concertation of 0.2 ug g–1 for analysis.  

 

Processing samples through the U chemistry first has the potential to increase the Mo procedural 

blank, however procedural blanks for Mo that had been processed through the TRU resins and 

AG1X8 columns were ~ 340 and 380 pg (2 separate procedural blanks); on the same order of 

magnitude as other studies (Willbold et al., 2016; Chen et al., 2022) and negligible compared to 

amount of Mo measured (~ 0.03 ug). Molybdenum isotopic compositions were measured on the 

ThermoFinnigan Neptune MC-ICP-MS (serial no. 1020) at the Bristol Isotope group in low mass 

resolution (M/ΔM ~ 1600, 5 to 95 % peak height definition). Each sample was preceded and 

followed by a measurement of the double-spiked (with a double spike proportion similar to 

samples) standard NIST3134. Measurements consumed ~ 0.03 ug g−1 Mo for samples ran at 0.2 

ug g−1. 

 

Measurements were internally normalised with a double spike inversion following Rudge et al. 

(2009) using the isotopes 95Mo, 97Mo, 98Mo and 100Mo. Samples were then externally normalised to 

the bracketing standard to calculate ẟ98/95Mo. Ruthenium has interferences with 98Mo (98Ru) and 
100Mo (100Ru). Therefore, 99Ru and 101Ru were monitored to allow for corrections to be applied to 
98Mo and 100Mo. Ruthenium doping experiments (Chen et al., 2019) show that corrections using 
99Ru can accurately correct Mo data. However, there is the potential for overcorrection due to 

species such as 64Zn35Cl and 40Ar2
19F giving signals at mass 99 (Chen et al., 2019). Therefore, 101Ru 
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is also monitored and can be used for correction. Data was corrected using both 99Ru and 101Ru, 

and when compared, both methods give the same answer within uncertainty. If the total Ru 

correction was ever over 0.1 ‰ in ẟ98Mo the datum was rejected (no data in this study was 

rejected). All samples measured during the course of this work for their Mo isotopic composition 

are pooled to define a 2SD external reproducibility of ẟ98Mo ± 0.048 ‰ (Chapter 2). We then use 

this uncertainty to calculate pooled external 2SE for each sample. 
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5.4 Results 
 

5.4.1 MORB glass leaching 

 

Uranium and Mo are removed during the leaching process (Fig. 5), and it is possible that the 

removed U and Mo is either from secondary coatings (Fe-Mn coatings) or from the dissolution of 

the MORB glass. We compare the amount of U and Mo lost to the total U or Mo content in the 

dissolved sample (Table S2). For three leachates from MORB glass sample JC24-82-21, glass 

qualities A, B and C were measured before leaching other MORB samples to test the leaching 

procedure, and so we first describe the results from this sample (note that this sample was not 

measured for Mo isotope dilution concentration or Mo isotopic composition). Uranium was lost 

mostly in the first leaching step on all qualities of glass, ~ 10 % loss, with then only 1 % or less 

lost in leaching steps 2 and 3 (Fig. 5). This was associated with systematic changes in U/Th of the 

leachates (Fig. 6a). Comparing U to less mobile elements such as Th (which is only likely to be 

released during glass dissolution) shows the effects of the leaching procedure (Fig. 6a). The full 

leaching experiment data is presented in tables S2-4 for the amounts of U and Mo loss (Table S2-

3), U/element ratios and Mo/element ratios (Table S4).  

 

In the first leachate (sample JC24-82-21) U/Th are elevated, e.g., U/Th > 4, and likely reflects the 

release of secondary coating hosted U (Fig. 6a). In the second and third leachates, these ratios all 

drop, e.g., U/Th < 2 and show very little change between leach two and three (Fig. 6a). This likely 

reflects only small amounts of U being released. Given the large change between the first and 

second leaches seen and the little variation between the second and third, it seems reasonable that 

two leaching steps are enough to remove any potential secondary coatings.  

 

When comparing the rest of the data set, for which only two leaching steps were done, similar 

trends are seen for the amounts of U loss, Mo loss, U/element ratios and Mo/element ratios (Fig. 

5, 6 and tables S2-4). Most samples lost small amounts of U and Mo, < 10 % for U and < 5 % for 

Mo (Table S2-3). The amount of U lost ranges from 0.11 % (JC7-25-3.1-B) to as high as 48.26 % 

(JC7-D24-7-B – anomalous compared to other samples (Table S2)) and is significantly higher in 

the first leach compared to the second for all samples (Table S2). This suggests that any secondary 

coated U is removed in the first leach and then little to no U is lost in the second (and third leach), 

with some of the U loss potentially coming from glass dissolution. For Mo, however, leaching loss 

is more consistently < 5 % at this stage (Fig. 6b) with only one sample (same as U highest loss 
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sample) showing extreme Mo loss at ~ 90 % (JC7-D24-7-B – again anomalous compared to other 

samples (Table S3)). The Mo % lost is relatively consistent between leaches, i.e., generally within 

1 % and sometimes higher in the second leach (Fig. 5 and table S3). This suggests very little 

secondary phase hosted Mo, which should be removed in the first leach (as for U), and minimal 

glass dissolution.   

 

For sample JC7-D24-7-B it is unclear whether the U and Mo loss is from the removal of secondary 

coatings (as is hoped) or from glass dissolution. It could be that the sample was anomalously finely 

ground resulting in enhanced dissolution resulting in large amounts of U and Mo loss, or the 

sample could have been heavily coated in secondary U and Mo. This sample does show similar U 

and Mo /element ratio patterns to samples that loss smaller amounts of U and Mo (Table S4). The 

main concern is that the leaching process alters isotopic compositions, however Andersen et al. 

(2015) and Hin et al. (2022) show that the leaching procedure does not fractionate U or Mo 

isotopes of fresh glass, from comparing a leached and un-leached BHVO glass sample. Therefore, 

even if some of U and Mo loss is from glass dissolution rather than the dissolution of secondary 

coatings, isotopic compositions should not be perturbed.  

 

The ratio of Mo/Th generally increases over the leaching steps (Fig. 6b) and may indicate continual 

release of Mo from secondary coatings, e.g., Mo/Th from 8 to 30 in leaches 1 and 3 respectively 

for sample JC24-82-21-A. However, the similar amount of Mo lost in each leaching step for other 

samples (within 1 % of another) argue against this interpretation. The total amount of Mo in 

leaches was typically low, < 30 ng, and for other elements such as Sc, also typically low, < 100 ng. 

Low Mo concentrations can prove difficult to measure via ICP-MS (see chapter 2), and thus the 

possibility of analytical biases cannot be ruled out. If Mo was lost in a similar way to U, we would 

expect the higher Mo/element ratios in the first leach, which we do not see (Fig. 6b). Given that 

the Mo loss tended to remain constant during leaching (Table S3), we suggest that there was likely 

little to no secondary coated Mo on the majority of our samples and suggest that the Mo/element 

results should be treated with caution. 

 

Leaching all the different qualities of glass picked for a sample allows us to compare if lower quality 

glass (e.g., C quality) as determined visually had more secondary alteration. The A quality aliquots 

from some samples lost the most Mo or U in leaching, while in other samples quality B or C did 

(Table S2-3). Given this, and similar U/Th and Mo/Th (Fig. 6a-b) for different glass qualities, our 

screening for glass quality may have been too broad, i.e., what we assessed as quality C (lowest 
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measured quality), may have been just as high enough quality sample and what we fully rejected 

was the truly altered glass (i.e., no transparency, lots of inclusions or full coating of secondary 

material). 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 5. Percentage of  total U and Mo lost in successive leaches of  MORB glass for 

different glass qualities picked. Quality A is denoted with circ les, quality B with 

squares and quality C with triangles.   
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Fig. 6. (a) U/Th and (b) Mo/Th ratios in successive leaches of  MORB glass for 

sample JC24-82-21. * Sample JC24-82-21 was not analysed by isotope dilution for 

Mo concentration, so the average Mo/Th of  other samples measured in this work is 

used as the reference line. 
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5.4.2 MORB glass quality and secondary alteration of U and Mo isotope ratios 

 

The ẟ234U compositions of different qualities of glass picked and leached for each sample, A, B 

and C (in decreasing order of perceived quality), was used to assess the acceptable quality limit to 

use in future sampling of quenched MORB glass (see methods for description of glass assessment 

criteria). For samples with different splits of glass, all individual qualities are indistinguishable 

within analytical uncertainty (Fig. 7a and table S1). However, most importantly is that while 

different splits of glass quality show no resolvable difference, they are all within uncertainty of 
234U/238U unity (ẟ234U = 0), except for sample JC24-89-13. They therefore represent primary 

compositions unaffected by any secondary alteration processes. Even sample JC24-89-13 is only 

slightly elevated above secular equilibrium, ẟ234U = 2.5 ± 1.7 ‰ 2SE, and its 238U/235U ratio is not 

discernibly different to other samples within secular equilibrium (Fig. 7b). For samples with 

multiple splits, the fact that different qualities of glass are all within secular equilibrium and within 

uncertainty of one another has two important benefits: firstly, it allows us to assess the level of 

MORB glass quality needed to ensure minimal secondary alteration, i.e., quality C; secondly, we 

can average all the splits (A, B and C) for individual samples for overall ẟ238U, ẟ234U and ẟ98Mo 

compositions (Table S1). This approach is reasonable given that the majority of samples with 

different splits (A, B and C) have ẟ238U and ẟ98Mo compositions largely indistinguishable from one 

another (Fig. 7b-c), bar JC24-80-23 in ẟ238U (Fig. 7b). Therefore, any further discussion, unless 

stated explicitly, is based on the mean composition of samples with different ‘qualities’ of glass 

measured.  
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Fig. 7. Isotopic composition of  different qualities of  MORB glass samples, (a) ẟ234U 

(b) ẟ238U and (c) ẟ98Mo. Errors are 2SE. 
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5.4.3 Uranium isotopic compositions 

 

Isotopic compositions and concentrations are listed in table 2, along with select major and trace 

element ratios (K2O/TiO2, (La/Sm)N, Th/U and Ce/Mo). All our samples from 45° and 13°N 

along the MAR can be classified as E-MORB based on a K2O/TiO2 ratio ≥ 0.11 and or (La/Sm)N 

(normalised to chondritic value of 1.55) ≥ 1 (Fig. 1). Our samples show varying levels of 

enrichment from K2O/TiO2 0.11 to 0.37 and (La/Sm)N 0.91 to 2.07. 

 

Uranium isotope dilution concentrations of our Atlantic E-MORB samples vary between 101 and 

443 ng g−1, mean 202 ng g−1, and are all enriched relative to global N-MORB, 83 ng g−1 (Gale et 

al., 2013) (Fig. 8a). There is no correlation between the U concentration and the Th/U ratio, which 

shows little variation between ~ 2.7 and 3.3, and is comparable to global MORB estimates, N-

MORB 3.03, E-MORB 3.5 (Gale et al., 2013). There is a positive correlation between U 

concentration with tracers of enrichment e.g., K2O/TiO2 (Fig. 8a). 

 

The ẟ238U isotopic compositions of our samples show little variation between −0.331 ± 0.017 ‰ 

2SE and −0.263 ± 0.026 ‰ 2SE, with the two-standard deviation on the sample group being only 

0.032 ‰ (Fig. 8b). This variability is similar to the two standard deviation reproducibility of 

reference materials measured under similar conditions, ~ ± 0.03 ‰ (Chapter 2) indicating the 

uniform composition of our sample set. The majority of our samples are indistinguishable from 

ẟ238U  chondritic compositions (−0.306 ± 0.026 ‰ 2SE, bulk silicate Earth composition based on 

chondritic meteorites (Andersen et al., 2015)), with only JC24-80-23 extending to a slightly super-

chondritic composition (higher than BSE), −0.263 ± 0.026 ‰ 2SE. There is no correlation 

between U/Th or 1/[U] with ẟ238U (Fig. 8c and S1), showing that isotopic variation is not simply 

related to the level of U enrichment of samples. There is also no correlation between tracers of 

enrichment, K2O/TiO2, with the U isotopic composition of samples, indicating again that isotopic 

compositions may not be related to processes of enrichment (Fig. 8b). The grand concentration 

weighted ẟ238U average of our Atlantic E-MORB is −0.307 ± 0.008 ‰ 2SE, remarkably identical 

to the chondritic composition −0.306 ± 0.026 ‰ 2SE, and distinguishably different to average N-

MORB from Andersen et al. (2015), ẟ238U −0.264 ± 0.011 ‰ 2SE (Fig. 8b-c).  
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5.4.4 Molybdenum isotopic compositions 

 

Molybdenum isotopic compositions and concentrations are listed in table 2. Molybdenum 

concentrations of our Atlantic E-MORB samples vary over a large range between 189 and 967 ng 

g−1, mean of 478 ng g−1. The majority of samples (9 of 15) are enriched relative to an N-MORB 

average of 360 ng g−1 from the Gale et al., (2013) dataset (Fig. 8d). There is a clear positive 

correlation between tracers of enrichment, K2O/TiO2 and Mo concentrations (Fig. 8d).  

 

The ẟ98Mo isotopic compositions of our samples are more variable than the ẟ238U compositions, 

a 2SD of 0.042 ‰ for the sample set. Nevertheless, this is similar to our pooled external 2SD 

reproducibility ± 0.048 ‰ (Chapter 2), providing strong evidence in favour of the uniform 

composition of our sample set (Fig. 8e). Compositions span the range of chondritic Mo isotopic 

composition (BSE composition) (Fig. 8e-f), to super (higher than BSE) (6 of 15) and sub (lower 

than BSE) (1 of 15) chondritic values, but most samples (8 of 15) are indistinguishable from a 

chondritic composition, −0.15 ± 0.01 ‰ 2SE (Burkhardt et al., 2014; Hin et al., 2022). The grand 

concentration weighted ẟ98Mo average of our Atlantic E-MORB is −0.141 ± 0.011 ‰ 2SE, which 

is indistinguishable from BSE as defined by the chondritic composition (Burkhardt et al., 2014; 

Hin et al., 2022). This value is also distinct from the average N-MORB composition, as calculated 

by Hin et al. (2022), using a compilation of literature data, −0.19 ± 0.01 ‰ 2SE (Bezard et al., 

2016; Chen et al., 2022; Hin et al., 2022). There is little correlation between tracers of enrichment, 

K2O/TiO2 with the Mo isotopic composition of samples, indicating that isotopic variations may 

not be related to processes of enrichment (Fig. 8e). There is no correlation between Mo/Ce and 

1/[Mo] with ẟ98Mo (Fig. 8f and S1), indicating that isotopic variation is not related to the Mo 

concentration of samples. Samples have Ce/Mo ratios from 20.6 to 47.8 (Mo/Ce ~ 0.02 to 0.05) 

(Fig. 8f), a similar range to MORB samples from other studies (Bezard et al., 2016; Liang et al., 

2017; Chen et al., 2022; Hin et al., 2022).  

 

5.4.5 Geographical differences 

 

Our Atlantic E-MORB samples, as mentioned, come from two sites along the MAR, 45°N and 

13°N (exact locations given in table 1). Samples from 13°N (5 of 16) range to slightly more 

enriched compositions than those from 45°N, average K2O/TiO2 of 0.26 and 0.16 respectively, 

and average (La/Sm)N
 of 1.60 and 1.24 respectively (Fig. 8 and table 2). This higher degree of 

enrichment is also reflected in the average U and Mo concentrations at each location (Fig. 8), [U] 
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186 and 238 ng g−1, [Mo] 419 and 596 ng g−1 at 45°N and 13°N respectively. However, while the 

U and Mo concentration are correlated with the degree of enrichment, which is slightly different 

at each site, ẟ238U and ẟ98Mo isotopic compositions show no variations between the two sites (Fig. 

8). The concentration weighted average ẟ238U at sites 45°N and 13°N respectively is −0.312 ± 

0.011 ‰ 2SE and −0.299 ± 0.008 ‰ 2SE, indistinguishable from one another, and for ẟ98Mo, 

−0.126 ± 0.009 ‰ 2SE, −0.161 ± 0.019 ‰ 2SE, very close to indistinguishable (0.007 ‰ 

difference). Therefore, due to this, and since there are no correlations between U and Mo 

concentrations with ẟ238U and ẟ98Mo, we find no reason the treat each site differently and 

henceforth, unless explicitly stated, the sample set is treated as a whole set for Atlantic E-MORB 

compositions.  
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Sample 
U 

(ng g–1) 
Th/U 

ẟ238U 

(‰) 
2SE 

ẟ234U 

(‰) 
2SE N 

Mo 

(ng g–1) 
Ce/Mo 

ẟ98Mo 

(‰) 
2SE N K2O/TiO2 (La/Sm)N 

45°N JC24 

79-22 154 3.01 –0.302 0.019 0.1 1.0 3 328  –0.124 0.012 16 0.11  

80-23 132 3.23 –0.263 0.026 0.6 1.3 4 289  –0.146 0.015 10 0.11  

81-5 443 2.96 –0.318 0.008 0.3 0.5 12 967 28.4 –0.116 0.011 18 0.30 1.87 

82-21 111 3.35 –0.310 0.022 0.6 1.1 6      0.13 0.96 

83-7 185 2.79 –0.331 0.017 0.1 0.9 4 420  –0.123 0.014 12 0.16  

84-5-2 167 2.74 –0.304 0.017 0.6 0.9 4 382 32.3 –0.124 0.014 12 0.17 1.25 

88-26 141 3.15 –0.317 0.031 1.0 1.5 4 313 35.6 –0.133 0.015 10 0.12 0.97 

89-13 123 3.18 –0.316 0.034 2.5 1.7 2 282 36.8 –0.148 0.022 5 0.11 0.91 

90-13 252 3.04 –0.322 0.017 0.2 0.9 3 479 37.0 –0.110 0.013 14 0.27 1.79 

92-21 185 2.99 –0.313 0.021 0.3 1.1 3 407 36.1 –0.148 0.014 12 0.14 1.15 

93-35 153 3.06 –0.310 0.029 0.0 1.5 2 327 40.3 –0.121 0.014 12 0.12 1.05 

13°N JC7 

D15-1 342 3.09 –0.291 0.015 0.1 0.8 6 842 20.6 –0.158 0.015 11 0.35 1.27 

D16-17 213 2.80 –0.304 0.012 –0.2 0.6 6 546 39.2 –0.148 0.011 18 0.19 1.73 

D24-7 280 3.10 –0.305 0.018 0.3 0.9 4 733 39.5 –0.193 0.015 10 0.37 1.70 

25-3.1 252 3.14 –0.304 0.019 –0.1 1.0 6 672 47.8 –0.147 0.015 10 0.14 2.07 

D26-3 101 2.86 –0.288 0.025 0.4 1.3 2 189 36.7 –0.139 0.015 10 0.22 1.23 

Mean Atl. 

E-MORB 
  –0.307 0.008 0.3 0.3 16   –0.141 0.011 15   

Table 2. Uranium and Mo concentration and isotopic data for E-MORB samples analysed in this work (mean compositions from 

multiple qualities of  glass for each sample), along with select element ratios. Error is the two standard error and N refers to the 

total number of  repeat measurements.
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Fig. 8. Variations of  (a) U and (d) Mo concentration and (b) ẟ238U and (e) ẟ98Mo 

with tracers of  mantle enrichment, K2O/TiO2. Variation of  (c) ẟ238U with U/Th and 

(f) ẟ98Mo with Mo/Ce. Mean N-MORB composition is from Andersen et al. (2015), 

Hin et al. (2022) and the N-MORB average in Gale et al. (2013). Grey shaded 

region represents BSE composition ± 2SE from Andersen et al. (2015) and Hin et 

al. (2022). Samples from 45 °N are circ les and samples from 13 °N are squares.  
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5.5 Discussion 
 

5.5.1 Composition of the E-MORB source 

 

Enriched MORB from the North Atlantic Ocean are indistinguishable (on average) from the BSE 

in their ẟ238U and ẟ98Mo isotopic compositions (Fig. 9a). This finding is in agreement with other 

studies of Mo isotopic compositions that show higher ẟ98Mo compositions in MORB samples 

with (La/Sm)N > 1 from the east Pacific Rise (Chen et al., 2022) and Pacific-Antarctic ridge and 

Mohns-Knipovich ridge (Bezard et al., 2016) (Fig. 9b). The new data we present show chondritic 

(BSE) ẟ238U isotopic compositions for E-MORB. The E-MORB samples are distinct from N-

MORB are super-chondritic in ẟ238U and sub-chondritic in ẟ98Mo (Fig. 9), which is explainable by 

the recycling of subduction zone processed, altered oceanic crust into the upper mantle (Fig. 1, 9). 

The simplest interpretation of our new data is that E-MORB do not contain such a recycled, 

subduction zone processed, crustal component. This inference is in agreement with some previous 

studies (e.g., Niu et al., 2002; Chen et al., 2022) but contrary to some long proposed ideas that has 

also found support from recent novel techniques (e.g., Allègre and Turcotte, 1986; Prinzhofer et 

al., 1989; Rehkämper and Hofmann, 1997; Pertermann and Hirschmann, 2003; Hémond et al., 

2006; Sobolev et al., 2007; Waters et al., 2011; Ulrich et al., 2012; Brunelli et al., 2018; Nielsen et 

al., 2018; Yang et al., 2020). Before discussing these contrasting interpretations, it is necessary to 

assess the processes that may cause stable isotopic variations such as alteration, fractional 

crystallisation, and partial melting. 
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Fig. 9. (a) Uranium and Mo isotopic composition of E-MORB (this work) and N-MORB (Andersen 

et al., 2015; Hin et al., 2022) samples ( ± 2SE) relative to the BSE composition shown as the 

grey shaded regions that represent ± 2SE from Andersen et al. (2015) and Burkhardt et al. 

(2014). (b) Molybdenum isotopic composition of N-MORB and E-MORB from this work and 

literature (symbols same as in figure 1) against Ce/Mo. 

 

5.5.2 Alteration of U and Mo isotope ratios 

 

Uranium and Mo isotopic compositions of MORB may be perturbed by the contamination by Fe-

Mn coatings. As previously mentioned, hand picking of fresh glass and reductive leaching have 

been used herein to ensure minimal contamination. However, the 234U/238U ratio provides a final 

check for any recent alteration. Unaltered pristine MORB should have a ẟ234U value in secular 

equilibrium, i.e., a value of 0, and all the MORB samples measured in this study, bar one, have 

ẟ234U values within error of secular equilibrium, and likely reflect primary isotopic compositions 

(Fig. 7a). Seawater is enriched in 234U, and has a ẟ234U value of ~ 145.6 ‰ (Kipp et al., 2022), which 

Fe-Mn crusts that precipitate from seawater acquire. Iron - Mn crusts also have isotopically light 

ẟ238U  and ẟ98Mo isotope values, ~ −0.69 ‰ and −0.92 ‰ respectively (Siebert et al., 2003; Goto 

et al., 2014). The isotopically light U composition of our E-MORB samples compared to N-

MORB are in the right relative direction to be explained by the addition of Fe-Mn crust hosted U 

(Fig. 10a). However, all but one sample are resolved from this mixing curve and for Mo isotopic 

compositions, addition of isotopically light Fe-Mn crust hosted Mo cannot explain the isotopically 
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heavy Mo composition of our E-MORB samples (Fig. 10b). Therefore, our samples cannot have 

gained their compositions from the perturbation with Fe-Mn crusts.  

 

The shallow level assimilation of altered oceanic crustal material could also potentially alter 

primitive MORB compositions. Altered oceanic crust has been shown to have high ẟ98Mo ~ 0.36 

‰ and low Ce/Mo ~ 30, e.g. ODP 801C Supercomposite (Freymuth et al., 2015). Adding this 

material to a N-MORB composition could feasibly perturb compositions in the correct direction 

to produce E-MORB compositions (Fig. 2a).  However, enriched MORB are lighter in ẟ238U and 

higher in Th/U than N-MORB and therefore cannot be explained by the shallow level assimilation 

of upper oceanic crustal material, and by inference neither can the Mo isotopic composition. 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 10. Mixing curves in (a) ẟ238U versus ẟ234U and (b) ẟ98Mo versus ẟ234U showing 

the trajectory of  adding in small amounts of  Fe-Mn crusts to a N-MORB starting 
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composition (solid line). Pluses and values along the mixing curves show the mass 

fraction of  Fe-Mn crust in the mix. Compositions used in the mixing calculation are, 

BSE, ẟ238U = −0.306 ‰, ẟ234U = 0 ‰, U content based on N-MORB = 83 ng g−1, 

ẟ98Mo = −0.15 ‰ and Mo content based on N-MORB = 360 ng g−1  (Gale et al., 

2013; Burkhardt et al., 2014; Andersen et al., 2015), N-MORB, ẟ238U = −0.264 

‰, ẟ234U = 0 ‰, U content = 83 ng g−1, ẟ98Mo = −0.19 ‰ and Mo content = 

360 ng g−1 (Gale et al., 2013; Andersen et al., 2015; Hin et al., 2022), Fe-Mn 

crust, ẟ238U = −0.69 ‰, ẟ234U = 146.3 ‰, U content = 13100 ng g−1, ẟ98Mo = 

−0.92 ‰ and Mo content = 477000 ng g−1 (Henderson and Burton, 1999; Siebert 

et al., 2003; Goto et al., 2014). 

 

5.5.3 Magmatic differentiation as a cause of isotopic fractionation – U and Mo 

 

There is a slight correlation between U and Mo concentrations with tracers of magmatic 

differentiation, whereby higher concentrations are seen in more differentiated magmas (lower 

MgO) (Fig. 11a-b). This correlation reflects the incompatibility of U and Mo in crystalizing phases 

from a basaltic melt (olivine, clinopyroxene, plagioclase and magnetite/ilmenite), and therefore 

limited ability for isotopic fractionation during crystallisation. Studies from Bezard et al. (2016) 

and Chen et al. (2022) show no resolvable correlation of ẟ98Mo with indices of magmatic 

differentiation in MORB, e.g., MgO ranging from 1.8 to 9.5 wt.% across both studies. Our data, 

while spanning a narrow range of MgO content (6.9 to 10.2 wt. %), also show no correlation in 

ẟ98Mo and ẟ238U with magmatic differentiation (Fig. 11c-d). Data from a set of well characterised 

lavas from Kilauea Iki lava lake (Gaschnig et al., 2021), that range in MgO from 3 to 27 wt. % 

MgO, also show no resolvable fractionation in ẟ238U and ẟ98Mo over the range. Therefore, we 

conclude that Mo and U are sufficiently incompatible during fractional crystallisation of basaltic 

assemblages that their isotopic compositions reflect primitive magma compositions. Our samples 

also reflect the similar incompatibilities of U & Th and Mo & Ce during magmatic differentiation, 

with strong positive correlations, reflected by near constant Th/U and Ce/Mo ratios of ~ 3 and 

~ 35 respectively (Fig. 11e-f), in keeping with wider data for seafloor basalts (Newsom et al., 1986; 

Gale et al., 2013).  
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Fig. 11. Variations of  E-MORB samples in this study of  (a) U concentration, (b) Mo 

concentration (c) ẟ238U and (d) ẟ98Mo with MgO as a tracer of  magmatic 

differentiation. Linear variation in (e) the U and Th concentration and (f) Mo and 

Ce concentration of  E-MORB samples, trend line is shown as a dashed line with its 

associated R2 value. 

 

5.5.4 Partial melting effect on U and Mo isotope ratios 

 

McCoy-West et al. (2019) and Chen et al. (2022), using a non-modal batch melting model and 

theoretical fractionation estimates, show that partial melting of the mantle may fractionate Mo 

isotope ratios. In the major mantle host of Mo, pyroxene, Mo likely sits on the octahedral M1 site 

(Leitzke et al., 2017), while in melt Mo6+ is co-ordinated tetrahedrally (Candela and Holland, 1984; 

Holzheid et al., 1994; O’Neill and Eggins, 2002; Farges et al., 2006; Willbold and Elliott, 2017). 
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While a minor species at modern ambient upper mantle oxygen fugacity, Mo4+ is significantly less 

incompatible than Mo6+ in pyroxenes and is likely co-ordinated octahedrally in both mineral and 

melt (Brandt et al., 1967; Farges et al., 2006; Willbold and Elliott, 2017; Hin et al., 2019). Heavier 

isotopes will tend to be concentrated in phases with stiffer and stronger bonds (Bigeleisen and 

Mayer, 1947; Urey, 1947), which form between ions with lower co-ordination number and highest 

valence state (Schauble, 2004). Therefore, given the incompatibility of Mo6+ and lower Mo co-

ordination in silicate melts versus pyroxenes, melts are predicted to become isotopically heavier 

than residues during partial melting (McCoy-West et al., 2019). For mantle that melts between 10 

and 20 % (typical for MORB formation (Klein and Langmuir, 1987; McKenzie and Bickle, 1988; 

Niu, 1997)), with a modern redox state such that Mo6+/∑Mo is 0.99 (O’Neill and Eggins, 2002), 

melts should be ~ 0.02 to 0.01 ‰ heavier than the source from which it is derived (McCoy-West 

et al., 2019). This increase is not enough to explain the isotopically heaviest composition in our 

ẟ98Mo sample set if starting from a depleted mantle with a ẟ98Mo composition of −0.19 ‰ (Hin 

et al., 2022).  

 

However, the proportional increase in fractionation of Mo isotopes becomes larger at smaller 

degrees of melting and lower Mo6+/∑Mo ratios (lower in more reduced compositions, unlikely for 

modern oxidized mantle). With a low degree melting of ~ 2 %, melts would become ~ 0.1 ‰ 

heavier, and could feasibly explain the Mo isotopically heaviest sample in our data set, ẟ98Mo = 

−0.110 ± 0.013 ‰ 2SE. This however does not explain the isotopically heaviest sample from the 

east Pacific rise data from Chen et al. (2022), ẟ98Mo = −0.06 ± 0.03 ‰ 2SD; even lower degrees 

of melting, ~ 0.2 %, are needed to explain this heavier composition (Chen et al., 2022). Therefore, 

low degree partial melting of peridotite mantle is a potential explanation for the Mo isotopic 

composition of E-MORB.  

 

The U isotopic system places other important constraints on E-MORB formation. Uranium is 

orders of magnitude more incompatible than Mo in clinopyroxene, DCpx/melt Mo4+ = ~ 2, DCpx/melt 

U4+ = ~ 0.02 (Fonseca et al., 2014; Leitzke et al., 2017). This suggests that any potential isotopic 

fractionation of U isotopes between mineral and melt during partial melting of peridotite will likely 

be insignificant as virtually all U will enter the melt. The BSE-like U isotopic composition of E-

MORB can therefore not be explained by isotopic fractionation during partial melting. The U 

isotopic composition of E-MORB therefore likely reflects compositional heterogeneity within the 

mantle source region, while the role of partial melting may be important in accounting for the Mo 

isotopic composition.   
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5.5.5 Constraints from U isotopic compositions 

 

The U isotopic compositions of our E-MORB samples therefore give different constraints on E-

MORB formation, as U isotopes are unlikely to fractionate during low degree partial melting. The 

chondritic composition of our E-MORB samples may reflect the presence and perseverance of 

mantle compositions unaffected by oceanic crustal recycling in the upper mantle. As mentioned 

previously, the super-chondritic oceanic crust recycling composition that is thought to pollute the 

N-MORB source, has likely only been ongoing since the last 750 Ma (Fig. 1) (Andersen et al., 2015, 

Chapter 4). The chondritic composition of E-MORB may indicate that these persevered mantle 

compositions unaffected by oceanic crustal recycling are ancient, i.e., older than 750 Ma. 

Therefore, a model that can account for Mo isotopic compositions being affected by partial 

melting, and that is constrained by the temporal constraints from U isotopic compositions is 

needed to explain E-MORB formation. However first we choose to further rule out recycled 

oceanic crust as a cause for E-MORB enrichment. 

 

5.5.6 The case for recycled oceanic crust in the E-MORB source 

 

Andersen et al. (2015) and Hin et al. (2022) propose that recycled oceanic crust pollutes the upper 

mantle, such that N-MORB reflects the admixture of recycled material into the non-enriched 

MORB source (Fig. 1). Our E-MORB U and Mo isotopic data indicate that the enrichment of E-

MORB sources in the upper mantle cannot be caused by the same composition of recycled oceanic 

crustal material (Fig. 12). Recycled oceanic crust processed through a subduction zone loses 

isotopically heavy Mo to arc lava generation, resulting in elevated Ce/Mo values (~ 110) and 

isotopically light ẟ98Mo residues (~ −0.4 ‰), as seen in exhumed eclogites (Fig. 1, 12) (e.g., 

Freymuth et al., 2015; Chen et al., 2019; Ahmad et al., 2021). Adding this residue into the depleted 

upper mantle cannot explain the slightly lower Ce/Mo values of E-MORB relative to N-MORB 

~ 33 and ~ 40 respectively using our complied set of MORB samples with ẟ98Mo measurements 

(Fig. 9b), and ~ 33.6 and ~ 34.5 using the data set of Gale et al. (2013) for E and N-MORB. It 

also cannot explain the isotopically heavier ẟ98Mo composition of E-MORB relative to N-MORB 

(Fig. 9, 12). Uranium isotopic compositions reaffirm that recycled oceanic crust cannot be the 

cause for E-MORB enrichment. As previously discussed, the addition of altered oceanic crust with 

low Th/U ratio cannot explain the higher Th/U ratios of our E-MORB samples (~ 3) compared 

to N-MORB with ẟ238U measurements (~ 2.3) (Fig. 12) (or ~ 3.5 and ~ 3 using the E and N-

MORB data set of Gale et al. (2013)). The processing of recycled crust in subduction zones also 
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further negates recycled crust being the likely candidate for E-MORB source composition. While 

there are no ẟ238U data for eclogite samples that would represent subduction zone processed 

recycling oceanic crust residues, volcanic arc samples that are isotopically light (−0.388 ± 0.081 ‰ 

2SE (Andersen et al., 2015; Freymuth et al., 2019)) imply that residues would be even isotopically 

heavier than altered oceanic crust (Fig. 12), and unable to create the isotopically lighter ẟ238U values 

of E-MORB relative to N-MORB (Fig. 12). Therefore, our U and Mo isotopic data conclude that 

the E-MORB melt source is highly unlikely to be a peridotite sourced mixed with a recycled 

oceanic crust component, such as a mixed pyroxenite-peridotite source. 
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Fig. 12. Summary graphs of  the (a) Mo and (b) U isotopic systems as in figure 2, 

now with E-MORB data from this study (blue fil led circ les) and literature (Bezard et 

al., 2016; Chen et al., 2022) (hollow blue rimmed circ les) added to show how the 

composition of  E-MORB cannot be caused by crustal recycling. See figure 2 for data 

sources. 
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The lack of a recycled oceanic crust component in E-MORB is in contrast to recent work using 

compatible element abundances from Yang et al. (2020), that suggests that the E-MORB source 

contains low degree pyroxenite melts of recycled oceanic crust components. Yang et al. (2020) 

show that E-MORB have resolvable lower Ge/Si ratios, lower Sc contents and higher Fe/Mn and 

Nb/Ta ratios than N and depleted (D) – MORB (D-MORB is MORB with (La/Sm)N < 0.8). They 

argue for a pyroxenite mineralogy source of garnet and clinopyroxene in the E-MORB source, 

where Ge, Mn and Sc are compatible in garnet and clinopyroxene prefers Ta over Nb. Melting of 

this source material results in melts depleted in Ge, Mn, Sc and Ta, thus generating the lower 

Ge/Si ratios and lower Sc content and higher Fe/Mn and Nb/Ta ratios of E-MORB relative to 

N and D-MORB. Mixing of 25 – 30 % of a low degree (8 – 14 %) partial melt of a pyroxenite melt 

to a D-MORB peridotite source is enough to form E-MORB with 14 % lower Ge/Si, 7 % higher 

Fe/Mn and 13 % lower Sc content than N / D-MORB (Yang et al., 2020).  

 

Recycled oceanic crust must pass through the subduction zone filter, where dehydration reactions 

strip the subducting crust of fluid mobile incompatible elements such as Ba, Rb, Cs, U, K, Pb 

(which become enriched in arc lavas) and relatively enriches it in fluid immobile incompatible 

elements, Nb, Ta, Zr, Hf, Ti (Niu et al., 2002). These signatures of depletion and enrichment of 

the subducting slab (which is complementary to arc lavas) should then be seen in E-MORB if they 

are polluted by a recycled oceanic crust component. Enriched portions of the upper mantle 

however do not show this trend; E-MORB are enriched in both fluid mobile and immobile 

elements (Fig. 3), which seems to rule out recycled oceanic crust (Niu et al., 2002 their figure 9). 

Yang et al. (2020) note this and use further trace element ratios (those given in Stracke and 

Bourdon (2009) to discriminate various sources / processes) to validate models of E-MORB 

formation. Based on Ba/La and Rb/Sr (altered oceanic crust), La/Nb (subduction zone 

processing), and Zr/Pb (continental crust material / sediment addition) ratios in their melting 

models, they note that recycled oceanic crust alone cannot produce D, N and E-MORB variations. 

There would need to be sufficient initial excess Rb, Ba and Pb in crust before subduction zone 

processing to retain the high Rb/Sr and Ba/La and low Zr/Pb of E-MORB (Yang et al., 2020). 

In their model continental crustal material is needed in the form of subducted sediments wherein 

melting and mixing models with a 95 % recycled oceanic crust and 5 % upper continental crust 

mix best reproduce the E, N and D-MORB trends they identify. The need for recycled upper 

continental crust material to reproduce E-MORB characteristics agrees with other work from Ba 

isotopes (Nielsen et al., 2018) that suggests the presence of recycled sediment in the E-MORB 

source, however the models of Yang et al. (2020) do need ~ 50 times more recycled crustal material 
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than Nielsen et al. (2018). While the melting models in Yang et al. (2020) do reproduce E to D 

MORB characteristics in various trace element ratios (e.g., Ge/Si, Ba/La, Rb/Sr, and Zr/Pb) they 

fail to reproduce La/Nb and (La/Sm)N
 trends.  

 

Recycling of subducted continental material, i.e., subducting sediment, also has implications for 

the radiogenic isotopic and trace element compositions of E-MORB. Subducted sediments are 

distinctly enriched in Pb and have low Ce/Pb ratios and high 207Pb/204Pb ratios relative to 
206Pb/204Pb (Donnelly et al., 2004; Plank, 2014).  Therefore, we explore the mixing relationships 

defined by mixing subducted sediments into the depleted MORB mantle (DMM) for Pb isotope 

and Ce/Pb ratios. For the purpose of this discussion we choose to use the global subducting 

sediment (GLOSS-II) composition (Plank and Langmuir, 1998; Plank, 2014) to represent upper 

continental crust material used in Yang et al. (2020). Using a filtered version of the Gale et al. 

(2013) MORB database (filtered to only include data obtained by ICP-MS methods to get reliable 

Ce/Pb data) N and E-MORB are near identical in their Pb isotopic compositions (Fig. 13a, table 

3). Recycling oceanic crust will contain a seawater-altered composition, for which we use ODP 

801C to represent (Hauff et al., 2003) for Pb isotopic compositions (which represents the oldest 

well studied oceanic crust). Subducting oceanic crust will be dehydrated during subduction zone 

processing, for which we use the composition given in Stracke and Bourdon (2009) for the 

elemental abundances in recycled oceanic crust, to match that used in Yang et al. (2020). The 

resulting composition is more radiogenic in 206Pb/204Pb and less radiogenic in 207Pb/204Pb than 

MORB (Fig. 13a, table 3), with elevated Ce/Pb ratio relative to the depleted MORB mantle (Fig. 

13b, table 3). Global subducting sediments however are also very distinct in their high 207Pb/204Pb 

and low Ce/Pb ratios (Fig. 13b). 

 

Following Yang et al. (2020) and using simple mixing formulation in 207Pb/204Pb versus Ce/Pb 

space we mix the recycled oceanic crust component (95 %) with a subducting sediment component 

(5 %) and then mix it into the DMM (Fig. 13b). The Ce/Pb budget of subducting sediment mixed 

with recycled oceanic crust quickly dominates the Ce/Pb ratio (Fig. 13b) and then this mixture 

with low Ce/Pb relative to the DMM heavily skews the mixing trajectory towards the GLOSS-II 

composition (Fig. 13b). The result is that at only 5 % mixed into the DMM, 207Pb/204Pb ratios are 

too high and Ce/Pb ratios too low to match E-MORB compositions. Yang et al. (2020) argue for 

a 25 – 30 % mixture of recycled oceanic and continental crust material into the E-MORB source 

based on needing to explain Rb/Sr, Ba/La, and Zr/Pb ratios. This however would imply distinct 

Pb isotopic and Ce/Pb characteristics not seen in global MORB databases (Fig. 13).  
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We therefore find that the melting models of Yang et al. (2020) are not compatible with current 

global data sets on E-MORB Pb isotopic and Ce/Pb data, and that the E-MORB source does not 

contain significant amounts recycled oceanic crust or recycled continental material. However we 

do accept that the Ge/Si, Fe/Mn and Sc content trends identified by Yang et al. (2020) (while 

clearer between D and E-MORB than N and E-MORB) are significant, but suggest that these 

require additional explanation other than recycled oceanic and continental crust material. 
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Fig. 13. Filtered global MORB database from Gale et al. (2013) (only including data 

obtained by ICP-MS methods). Samples have been split based on (La/Sm)N > 1 = 

E-MORB. Sources for data are given in table 3. (a) Lead isotopic variation between 

N and E-MORB and recycled compositions – ROC (Hauff  et al., 2003) and GLOSS-

II (Plank, 2014). (b) Mixing model between 207Pb/204Pb versus Ce/Pb between DMM 

and a mix of  subduction zone dehydrated ROC (Stracke and Bourdon, 2009) and 

GLOSS-II (this mixture shown by grey dotted line) shown as a black line. Mid ocean 

ridge basalt samples have been shown as hollow data points to highlight the mixing 

model. Mixing models have been calculated using parameters in table 3. 

 

 

 Pb (ug g–1) Ce (ug g–1) Ce/Pb 207Pb/204Pb 

ROC 0.099a 6.12a 61.8 15.53b 

GLOSS-II 21.2c 57.6c 2.7 15.69c 

DMM 0.0232d 0.772d 33.3 15.52e 

 

Table 3. Compositions used in the mixing models shown in figure 13b. ROC – 

Recycled oceanic crust. GLOSS-II – Global subducting sediment. DMM – Depleted 

MORB mantle. a – Stracke and Bourdon (2009). b – 801C average from Hauff  et 

al. (2003). c – Plank (2014). d – Salters and Stracke (2004). e – Gale et al. 

(2013). 

 

5.5.7 The case for recycled oceanic lithosphere in the E-MORB source 

 

We suggest that our set of E-MORB data from a U and Mo isotopic perspective can fit with a 

peridotite metasomatism two stage melting processes as proposed and outlined in Niu et al. (2002) 

for E-MORB source formation. Here we provide a summary of the model and show how U and 

Mo isotopic data work within the model. Enriched domains in the upper mantle could exists as 

volumetrically small lithologies of low degree melts dispersed as dikes or veins in a depleted 

peridotitic matrix (Niu et al., 2002). Low degree melting may occur at the boundary between the 

cooling and thickening oceanic lithosphere and the asthenosphere in the low velocity zone, a 

natural solidus (Green, 1971; Green and O’Hara, 1971; Green and Liebermann, 1976; Niu et al., 

1999, 2002; Niu and O’Hara, 2003), where seismic velocity and viscosity is lowest and thus the 
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most likely region in the asthenosphere to have small amounts of melts (e.g., Wyllie, 1988; Gardés 

et al., 2020).  

 

These small degree low volume melts would have low thermal inertia, and so will not transport 

heat and thus freeze at the base of the oceanic lithosphere (McKenzie, 1989). These regions of 

melt become trapped through basal accretion in the thickening and cooling oceanic lithosphere, 

thus being incorporated as metasomatic dikes or veins (Niu et al., 2002). The idea of a 

metasomatised veined lithosphere has also been proposed to address other areas of debate, such 

as the formation of alkaline lavas, rather than melting of recycled oceanic crust and sediment (e.g., 

Pilet et al., 2008). The existence of alkali volcanism with a chemistry that reflects small degree 

melting in the presence of garnet, far from any plate boundary or hotspot in north-western Pacific 

plate (Petit spots) (Hirano et al., 2006; Hirano and Machida, 2022) has been used to infer that small 

degree melts can form in the asthenosphere, with this volcanism due to lithospheric fractures from 

plate flexure in subduction (Hirano et al., 2006).  

 

These works (Hirano et al., 2006; Pilet et al., 2008) give evidence from a different nature of 

enrichment (alkalic) that small degree melts likely form in the asthenosphere and metasomatise the 

lithosphere as dikes or veins, with the deep melting in the garnet stability field also providing a 

potential explanation for the Ge/Si trends identified by Yang et al. (2020), as the presence of garnet 

would retain Ge in the melt residue.  

 

These low degree melts that become trapped in the lithosphere are enriched in the necessary 

incompatible elements and through subduction of the metasomatized lithosphere can ultimately 

be mixed into the larger upper mantle peridotite sources of oceanic basalts, giving rise to E-MORB 

sources (Fig. 14) (Sun and Hanson, 1975; Hanson, 1977; Frey et al., 1978; Wood, 1979; LeRoex et 

al., 1983; McKenzie, 1989; Prinzhofer et al., 1989; Sun and McDonough, 1989; Halliday et al., 

1995; Niu et al., 1999, 2002). 
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Fig. 14. Cartoon schematic of  E-MORB source formation based on and modified from 

Halliday et al. (1995). (a) Low degree partial melts (red melt region) form in the 

low velocity zone and become trapped in the cooling and thickening oceanic 

lithosphere, metasomatizing (orange veins) them and enriching them in incompatible 

elements. (b) As oceanic lithosphere is subducted enriched portions can be mixed 

into the depleted MORB mantle and sampled at Mid-Ocean ridges in a larger degree 

melting event. The upper mantle is therefore a mix of  enriched reservoirs in a 

depleted peridotite matrix that is sampled at Mid-Ocean ridges giving rise to E-MORB 

and N-MORB.  

 

The Mo isotopic compositions of E-MORB are explained by such a model as Mo isotopic 

composition can undergo large isotopic fractionations during low degree partial melting (McCoy-

West et al., 2019; Chen et al., 2022). If starting from a DMM composition as envisioned here ẟ98Mo 

= −0.19 ± 0.01 ‰ (Hin et al., 2022) and melting by ~ 0.2 % at Mo6+/∑Mo = 0.99, then the 

resulting melt would have a ẟ98Mo composition of ~ 0 ‰ (Chen et al., 2022). Such an endmember 

is isotopically heavy enough to explain global E-MORB ẟ98Mo, especially the super-chondritic 

samples. Mixing of these low degree melts with the DMM would produce a range of ẟ98Mo 
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compositions that could explain the global MORB ẟ98Mo compositions and trace element 

concentrations.  

 

As mentioned previously, the U isotopic data give different constraints on the model as they are 

unlikely to fractionate in low degree partial melting. The super-chondritic composition of N-

MORB is thought to be due to the recycling of oceanic crust over the last 750 Ma (Fig. 1) 

(Andersen et al., 2015, Chapter 4), therefore chondritic compositions must represent upper mantle 

unaffected the admixture of “modern” recycled oceanic crust. Thus, the simplest explanation of 

the lower ẟ238U in the E-MORB is that they are derived from mantle older than 750 Ma. Low 

degree partial melts formed prior to 750 Ma and trapped in oceanic lithosphere of similar age 

should record chondritic ẟ238U composition, if this enriched reservoir escaped subsequent mixing 

with mantle influenced by post 750 Ma crustal recycling.  Sampling of such a source beneath the 

current ridge system can thus give rise to the distinctive ẟ238U of E-MORB and a lower age limit 

of its formation.  

 

Oceanic crust with isotopically perturbed Mo has likely been recycled for longer than 750 Ma, and 

thus E-MORB compositions do not necessarily need to reflect chondritic ẟ98Mo compositions. 

Hin et al. (2022) show that at least ~ 1 – 1.4 Gyr of oceanic crust recycling is needed to lower the 

ẟ98Mo value of the upper mantle from  −0.15 ‰ (BSE) to −0.19 ‰ (modern N-MORB average). 

Hence isolation of small degree melts from a convecting upper mantle ~ 1.2 Ga could explain 

both low ẟ238U and elevated ẟ98Mo of E-MORB. The larger variability in E-MORB ẟ98Mo 

compositions, 2SD of global data ~ 0.06 ‰ relative to ẟ238U, 2SD of ~ 0.03 ‰, could reflect 

different initial ẟ98Mo compositions of small degree melts isolated at different ages, although from 

U isotopic constraints these are all > 750 Ma. As discussed above, in the case of Mo, the melting 

process can also influence ẟ98Mo, potentially leading to additional complexity in interpreting the 

isotopically heavier ẟ98Mo of E-MORB. For example ~ 1.4 Gyr at most is needed to change ẟ98Mo 

from −0.15 to −0.19 ‰ by crustal recycling (Hin et al., 2022), then at ~ 750 Ma (lower E-MORB 

age limit), the upper mantle would be isotopically heavier in ẟ98Mo, i.e., 750 million years less of 

crustal recycling, ~ ẟ98Mo −0.17 ‰ (assuming steady state crustal recycling), and resulting low 

degree ( ~ 0.2 %) melts would be ~ ẟ98Mo + 0.02 ‰ (McCoy-West et al., 2019; Chen et al., 2022). 

Also, if Mo6+/∑Mo was lower in the past, where there was potentially more reducing mantle 

conditions, than the degree of Mo isotopic fractionation at any given degree of melting would be 

larger (McCoy-West et al., 2019), potentially resulting in a larger range of Mo isotopic compositions 

for enriched reservoirs frozen into the oceanic lithosphere depending on the age they formed at.  
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Other, similar models of E-MORB source formation have been proposed, i.e., two stage melting 

processes, albeit with a subducted source of the low degree melt that metasomatize the 

surrounding mantle. Donnelly et al. (2004) argue for low degree melts of the subducting oceanic 

crust from trace element and radiogenic isotope constraints. From the perspective of Ba isotopic 

compositions Nielsen et al. (2018) argue for the addition of hydrous sediment melts to the depleted 

mantle wedge, inducing low degree partial melts that freeze into the mantle above the slab and are 

recycled into the upper mantle. However due to the depletion of key trace elements in recycled 

altered oceanic crust during dehydration reactions in subduction zones, and the composition of 

recycled sediments (Fig. 13), we find them unlikely candidates for components in the E-MORB 

source. From a Mo and U isotopic perspective, subducting sediments are unlikely candidates for 

E-MORB, both being too isotopically light, especially in ẟ98Mo (Andersen et al., 2015; Freymuth 

et al., 2015) (Fig. 2, 12), . Therefore we suggest that while all of these models (Niu et al., 2002; 

Donnelly et al., 2004; Nielsen et al., 2018) share similarities, our preferred scenario that matches 

Mo and U isotopic data on E-MORB is the formation of enriched low degree melts at least 750 

Myr ago in the low velocity zone and subsequent metasomatism of the oceanic lithosphere that is 

subsequently recycled into the upper mantle generating chemical heterogeneity (Niu et al., 2002). 

 

Low degree partial melting will create large fractionations in La/Sm, leading to the high (La/Sm)N 

ratios seen in E-MORB (Fig. 15). The melting models in Chen et al. (2022) show a positive 

correlation between ẟ98Mo and (La/Sm)N, where more enriched samples (higher (La/Sm)N) have 

isotopically heavier ẟ98Mo from mixing with a low degree melt. However when plotting the 

combined N-MORB and E-MORB data set for ẟ98Mo versus (La/Sm)N (Fig. 15a) we see no strong 

correlation and above (La/Sm)N = 1 there is no clear trend of ẟ98Mo with more enrichment. This 

is perhaps as the Mo isotopic composition is a function of: one the degree of partial melting, i.e., 

variable degrees of partial melting will result in a spread in ẟ98Mo and; two the amount of crustal 

recycling that has occurred prior to 750 Ma, where Mo isotopic compositions may be perturbed 

from BSE composition to sub-chondritic values, making trends in (La/Sm)N and ẟ98Mo difficult 

to interpret. For ẟ238U versus (La/Sm)N (Fig. 15b), the lack of correlation is even clearer, especially 

in E-MORB samples that all have indistinguishable ẟ238U at (La/Sm)N values between ~ 1 and ~ 

2. If there was mixing between an enriched melt and depleted source prior to 750 Ma, then the 

resulting composition could have variable (La/Sm)N but uniform ẟ238U, explaining the lack of 

correlation in E-MORB samples. This supports the theory that E-MORB compositions formed 

in a mantle with a homogenous ẟ238U composition, i.e., < 750 Ma. 
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Fig. 15. Variation in (a) ẟ98Mo and (b) ẟ238U with the (La/Sm)N ratio to represent 

mantle enrichment. Symbols are the same as in figure 12.   
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5.6 Conclusions 
 

This work presents Mo and U isotopic compositions of a set of hand-picked E-MORB glasses 

from the northern mid-Atlantic ridge. A range of different “qualities” of MORB glass separates 

reflecting different degrees of potential alteration all have 234U/238U ratios within secular 

equilibrium, indicating the robustness of some isotopic systems to alteration. Enriched MORB 

samples show a limited range of ẟ238U and ẟ98Mo compositions ranging from ~ −0.33 to −0.26 ‰ 

and −0.19 to −0.11 ‰ respectively and are both on average indistinguishable from the bulk silicate 

earth U and Mo isotopic composition. Enriched MORB are thus demonstrably chondritic in U 

and chondritic to super-chondritic in Mo, reflecting a differential source to modern N-MORB 

which are super-chondritic in U and sub-chondritic in Mo, thought to be due to the recycling of 

modern day like altered subduction zone processed oceanic crust (Andersen et al., 2015; Hin et al., 

2022). Magmatic differentiation, secondary alteration and crustal assimilation are unable to account 

for the isotopic compositions of E-MORB. The simplest conclusion that can be drawn from the 

Mo and U E-MORB data is that the enrichment of upper mantle is consistent with a model of 

wherein low degree melts of ancient mantle compositions that form in the low velocity zone 

metasomatize the oceanic lithosphere and are isolated for a time period before being recycled into 

the mantle and sampled at mid-ocean ridges as E-MORB sources (Niu et al., 2002). We argue 

against models of E-MORB source formation from recycled oceanic crust (e.g., Yang et al., 2020)  

based on a lack of supporting Mo and U isotopic data and recycled oceanic crust and continental 

materials distinct 207Pb/204Pb and Ce/Pb systematics inability to account for E-MORB 

characteristics. Uranium isotopic compositions (which are not affected by low degree partial 

melting) suggest that this initial low degree melting event must have occurred in an upper mantle 

composition prior to contamination with U isotopically distinct recycled AOC crust, i.e., before 

750 Ma, the estimated age of deep ocean oxygenation (Andersen et al., 2015, Chapter 4), providing 

a minimum age for the E-MORB source. The E-MORB Mo isotopic compositions reflect the 

effects of low degree partial melting induced isotopic fractionation  (McCoy-West et al., 2019; 

Chen et al., 2022), and the formation in ancient, < 750 Ma, mantle compositions.  
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5.8 Supplementary information 
 

Sample 
Mass picked  

(mg) 

U  

(ng g–1) 

ẟ238U  

(‰) 
2SE 

ẟ234U  

(‰) 
2SE N 

Mo  

(ng g–1) 

ẟ98Mo  

(‰) 
2SE N 

45°N 

JC24 

79-22-A 544 154 –0.285 0.035 0.1 1.8 1 329 –0.119 0.020 6 

79-22-B 1056 154 –0.315 0.030 0.1 1.6 1 330 –0.120 0.022 5 

79-22-C 664 153 –0.306 0.036 0.2 1.9 1 325 –0.135 0.022 5 

79-22  154 –0.302 0.019 0.1 1.0 3 328 –0.124 0.012 16 

80-23-AB 814 133 –0.221 0.037 1.1 1.9 2 292 –0.141 0.022 5 

80-23-C 788 130 –0.305 0.037 0.2 1.8 2 286 –0.150 0.022 5 

80-23  132 –0.263 0.026 0.6 1.3 4 289 –0.146 0.015 10 

81-5-A 760 449 –0.325 0.017 0.0 0.9 3 976 –0.099 0.020 6 

81-5-B 1182 443 –0.312 0.013 0.3 0.7 5 964 –0.124 0.020 6 

81-5-C 1009 437 –0.319 0.014 0.4 0.8 4 960 –0.126 0.020 6 

81-5  443 –0.318 0.008 0.3 0.5 12 967 –0.116 0.011 18 

82-21-A 1042 112 –0.316 0.041 1.0 2.0 2     

82-21-B 1154 111 –0.298 0.034 0.5 1.7 2     

82-21-C 1055 111 –0.315 0.038 0.3 1.9 2     

82-21  111 –0.310 0.022 0.6 1.1 6     

83-7-A 991 185 –0.318 0.024 –0.1 1.3 2 421 –0.137 0.020 6 

83-7-B 1058 185 –0.344 0.024 0.3 1.3 2 420 –0.109 0.020 6 
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83-7  185 –0.331 0.017 0.1 0.9 4 420 –0.123 0.014 12 

84-5-2-A 1030 168 –0.293 0.025 0.2 1.3 2 385 –0.126 0.020 6 

84-5-2-B 1069 166 –0.314 0.023 1.0 1.2 2 379 –0.123 0.020 6 

84-5-2  167 –0.304 0.017 0.6 0.9 4 382 –0.124 0.014 12 

88-26-C 1090 140 –0.304 0.037 1.6 1.8 2 315 –0.112 0.022 5 

88-26-AB 720 143 –0.330 0.056 0.5 2.7 2 310 –0.154 0.022 5 

88-26  141 –0.317 0.031 1.0 1.5 4 313 –0.133 0.015 10 

89-13 990 123 –0.316 0.034 2.5 1.7 2 282 –0.148 0.022 5 

90-13-A 519 253 –0.332 0.033 0.2 1.7 1 480 –0.101 0.024 4 

90-13-B 1054 252 –0.317 0.020 0.1 1.1 2 480 –0.124 0.022 5 

90-13-C 905       477 –0.104 0.022 5 

90-13  252 –0.322 0.017 0.2 0.9 3 479 –0.110 0.013 14 

92-21-A 524 184 –0.316 0.043 –0.1 2.2 1 407 –0.146 0.020 6 

92-21-B 1041 185 –0.311 0.024 0.5 1.3 2 407 –0.150 0.020 6 

92-21  185 –0.313 0.021 0.3 1.1 3 407 –0.148 0.014 12 

93-35-A 848 148 –0.300 0.035 –0.3 1.8 1 315 –0.118 0.020 6 

93-35-B 501 159 –0.320 0.052 0.3 2.6 1 338 –0.124 0.020 6 

93-35  153 –0.310 0.029 0.0 1.5 2 327 –0.121 0.014 12 

13°N 

JC7 

D15-1-A 828 343 –0.284 0.022 –0.1 1.2 3 845 –0.158 0.020 6 

D15-1-C 933 340 –0.297 0.021 0.3 1.1 3 838 –0.159 0.022 5 

D15-1  342 –0.291 0.015 0.1 0.8 6 842 –0.158 0.015 11 

D16-17-A 992 214 –0.301 0.020 –0.4 1.1 2 546 –0.144 0.020 6 
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D16-17-B 1182 212 –0.300 0.020 –0.2 1.1 2 546 –0.159 0.020 6 

D16-17-C 1131 212 –0.311 0.020 –0.2 1.1 2 545 –0.142 0.020 6 

D16-17  213 –0.304 0.012 –0.2 0.6 6 546 –0.148 0.011 18 

D24-7-A 1090 282 –0.306 0.020 0.4 1.0 3 729 –0.175 0.022 5 

D24-7-B 492 275 –0.301 0.037 0.0 1.9 1 737 –0.211 0.022 5 

D24-7  280 –0.305 0.018 0.3 0.9 4 733 –0.193 0.015 10 

25-3.1-C 917 252 –0.296 0.028 0.0 1.4 3 675 –0.149 0.022 5 

25-3.1-B 822 253 –0.313 0.026 –0.2 1.3 3 670 –0.145 0.022 5 

25-3.1  252 –0.304 0.019 –0.1 1.0 6 672 –0.147 0.015 10 

D26-3-A 1031 101 –0.277 0.034 0.3 1.8 1 201 –0.139 0.022 5 

D26-3-B 1019 100 –0.299 0.036 0.5 1.9 1 178 –0.139 0.022 5 

D26-3  101 –0.288 0.025 0.4 1.3 2 189 –0.139 0.015 10 

 

Table S1. Full table of  amounts of  MORB glass picked, U and Mo concentrations and isotopic compositions of  MORB glass samples 

measured in this work split into each quality of  MORB glass measured, mean compositions are shown in bold.  
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Table S2. Uranium leaching results on MORB glass samples leached in this work showing the amounts of  U in ng released during 

successive leaches. 

 

Sample 
Total U 

sample (ng) 

Leach 1 U  

(ng) 
% 

Leach 2 U 

(ng) 
% 

Leach 3 U 

(ng) 
% 

Total U 

Leach (ng) 
% 

45°N 

JC24 

79-22-A 84 1.26 1.49 0.13 0.16   1.39 1.65 

79-22-B 163 1.88 1.15 0.14 0.09   2.02 1.24 

79-22-C 102 1.16 1.13 0.12 0.12   1.27 1.25 

80-23-AB 108 13.47 12.47 0.82 0.76   14.29 13.24 

80-23-C 102 6.14 6.02 0.33 0.33   6.47 6.34 

82-21 - A 117 9.81 8.38 0.77 0.66 0.34 0.29 10.92 9.34 

82-21 - B 128 13.74 10.73 1.50 1.18 0.53 0.42 15.78 12.33 

82-21 - C 117 10.75 9.19 1.08 0.92 0.43 0.36 12.25 10.47 

88-26-AB 103 11.04 10.72 1.06 1.03   12.10 11.75 

88-26-C 153 11.82 7.73 2.69 1.76   14.51 9.48 

89-13-C 122 20.34 16.68 1.66 1.36   22.00 18.04 

93-35-A 126 5.20 4.13 0.38 0.30   5.58 4.43 

13°N 

JC7 

D24-7-B 135 63.91 47.34 1.24 0.92   65.15 48.26 

25-3-B 208 0.18 0.09 0.04 0.02   0.22 0.11 

25-3-C 231 0.26 0.11 0.04 0.02   0.30 0.13 

D26-3-B 102 19.90 19.51 1.62 1.59   21.52 21.10 
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Table S3. Molybdenum leaching results on MORB glass samples leached in this work showing the amounts of  Mo in ng released 

during successive leaches. 

Sample 
Total Mo 

sample (ng) 

Leach 1 Mo  

(ng) 
% 

Leach 2 Mo 

(ng) 
% 

Leach 3 Mo 

(ng) 
% 

Total Mo 

Leach (ng) 
% 

45°N 

JC24 

79-22-A 179 4.44 2.48 4.66 2.60   9.09 5.08 

79-22-B 348 5.40 1.55 4.61 1.32   10.01 2.88 

79-22-C 216 5.07 2.35 4.60 2.13   9.67 4.48 

80-23-AB 238 5.86 2.46 3.27 1.37   9.13 3.84 

80-23-C 225 3.23 1.43 2.76 1.23   5.99 2.66 

82-21 - A  16.39  10.21  8.98  35.58  

82-21 - B  15.33  12.48  10.19  38.00  

82-21 - C  20.91  13.10  10.71  44.71  

88-26-AB 223 4.77 2.14 3.19 1.43   7.97 3.57 

88-26-C 343 3.86 1.13 4.25 1.24   8.12 2.37 

89-13-C 279 4.98 1.79 3.13 1.12   8.11 2.91 

93-35-A 267 3.62 1.35 4.08 1.53   7.70 2.88 

13°N 

JC7 

D24-7-B 795 645.99 81.26 65.26 8.21   711.25 89.47 

25-3-B 551 2.87 0.52 3.21 0.58   6.08 1.10 

25-3-C 619 3.63 0.59 3.01 0.49   6.64 1.07 

D26-3-B 181 8.50 4.70 6.12 3.38   14.61 8.07 
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Sample / Leach U/Th 
(U/Ti) 

×104 

(U/Zr) 

×102 

(U/Sc) 

×10 

(U/Mo) 

×10 
Mo/Th 

(Mo/Ti) 

×104 

(Mo/Zr) 

×102 

(Mo/Sc) 

×10 

45°N 

JC24 

79-22 

A L1 6.99 7.04 4.76 1.41 2.83 24.69 24.87 16.83 4.99 

A L2 2.40 1.23 1.10 0.75 0.28 84.60 43.27 38.74 26.38 

B L1 5.45 4.57 4.40 1.07 3.47 15.69 13.14 12.66 3.08 

B L2 2.37 0.79 0.84 0.20 0.31 77.68 25.74 27.47 6.60 

C L1 5.99 4.92 4.39 1.15 2.28 26.27 21.61 19.25 5.05 

C L2 1.33 0.95 0.77 0.28 0.26 52.17 37.12 29.95 10.96 

80-23 

AB L1 8.38 18.15 16.15 3.06 22.97 3.65 7.90 7.03 1.33 

AB L2 3.84 3.91 3.61 0.99 2.52 15.23 15.52 14.32 3.92 

C L1 11.91 12.12 10.18 2.03 19.02 6.26 6.37 5.35 1.07 

C L2 2.79 2.41 1.96 0.50 1.20 23.15 19.98 16.24 4.14 

82-21 

A L1 5.06 6.88 5.47 1.65 5.99 8.45 11.50 9.13 2.75 

A L2 1.77 2.13 2.07 0.61 0.76 23.41 28.19 27.38 8.03 

A L3 1.18 2.01 1.75 0.46 0.38 30.98 52.85 46.09 12.18 

B L1 5.40 7.83 7.17 1.93 8.96 6.02 8.73 8.00 2.15 

B L2 2.43 2.79 2.68 0.88 1.21 20.19 23.13 22.26 7.32 

B L3 1.33 1.77 1.71 0.41 0.52 25.35 33.76 32.69 7.81 

C L1 4.80 7.08 5.65 1.72 5.14 9.34 13.77 10.99 3.35 

C L2 1.97 2.18 2.28 0.62 0.82 23.95 26.59 27.79 7.52 

C L3 1.10 2.18 1.95 0.42 0.40 27.55 54.62 48.98 10.61 

88-26 AB L1 7.57 10.88 8.38 3.96 23.13 3.27 4.70 3.62 1.71 
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AB L2 3.00 2.29 2.75 1.66 3.33 9.02 6.89 8.28 5.00 

C L1 6.41 8.03 6.68 3.42 30.59 2.09 2.62 2.18 1.12 

C L2 2.99 2.21 2.67 1.64 6.32 4.73 3.50 4.23 2.59 

89-13 
C L1 12.51 11.92 9.67 3.09 40.83 3.06 2.92 2.37 0.76 

C L2 5.32 2.90 3.40 1.28 5.30 10.03 5.46 6.40 2.42 

93-35 
A L1 19.35 10.52 8.42 2.37 14.38 13.46 7.32 5.86 1.65 

A L2 11.02 2.73 2.02 0.86 0.92 119.59 29.65 21.88 9.38 

13°N 

JC7 

D24-7 
B L1 0.33 25.62 2.56 5.69 0.99 3.36 258.97 25.91 57.52 

B L2 0.11 1.15 0.46 1.85 0.19 5.80 60.55 24.32 97.30 

25-3.1 

B L1 0.55 0.82 0.55 0.18 0.63 8.68 12.99 8.69 2.78 

B L2 0.41 0.67 0.35 0.11 0.12 34.11 55.84 29.36 8.90 

C L1 0.72 2.01 0.89 0.86 0.72 9.89 27.74 12.31 11.93 

C L2 0.36 0.86 0.29 0.07 0.12 29.52 69.50 23.20 5.71 

26-3 
B L1 4.72 8.60 5.84 0.99 23.41 2.02 3.67 2.49 0.42 

B L2 0.99 0.85 0.94 0.10 2.65 3.73 3.22 3.55 0.38 

 

Table S4. Select U and Mo / element ratios for all samples leached in this work, showing the change in ratios between successive 

leaches, L1 is leach 1, L2 leach 2 and L3 leach 3.
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Fig. S1. Variations of  (a) ẟ238U and (b) ẟ98Mo with ẟ234U, secular equilibrium is 

marked as a vertical black line at ẟ234U = 0. Variations of  (c and e) U concentration 

(1/U) and (d and f) Mo (1/Mo) concentration with (c and d) ẟ234U, (e) ẟ238U and 

(f) ẟ98Mo. 
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6.1 Introduction 
 

The Earth’s mantle has long been known to be chemically heterogeneous, and recently novel stable 

isotope systems have found success in fingerprinting causes of such heterogeneity seen in mantle 

derived rocks (e.g., Zindler and Hart, 1986; Hofmann, 1997; Andersen et al., 2015; Nielsen et al., 

2018; Sun et al., 2020; Hin et al., 2022). A key cause of mantle heterogeneity is thought to be the 

recycling of altered oceanic crust (AOC) back into the mantle, which acts as a way for surface-

derived material to ‘pollute’ the Earth’s interior, before then being sampled again through mid-

ocean ridge basalts (MORB) or ocean island basalts (OIB). For this causal link between recycled 

crust and mantle reservoirs to be definitively made, it is necessary to understand the processes that 

occur to oceanic crust throughout its geological cycle, i.e., alteration on the seafloor and processing 

in subduction zones as it is returned to the mantle. To this end, magmas generated in subduction 

zone settings from the hydrous melting of the sub-arc mantle wedge, which erupt as volcanic arc 

lavas, have been a focus of study for decades (e.g., Gill, 1981). It has long be shown that volcanic 

arcs show patterns in trace element concentrations and ratios as well as radiogenic isotopic 

compositions that can be reconciled with the addition of fluxes of fluid-mobile elements from 

various subducting components to the overlying mantle wedge that arc magmas are sourced from 

(e.g., Hawkesworth et al., 1993). However, the exact nature of these components (e.g., aqueous 

fluid, sediment derived fluid, sediment melt, altered oceanic crust melt or mélange mix and melt 

(e.g., Elliott et al., 1997; Marschall and Schumacher, 2012; Turner and Langmuir, 2022) is debated 

and likely varies between arcs.  Therefore, it is often necessary to apply many different element 

systems to characterise the processes occurring in specific arcs. Novel stable isotope systems have 

recently shown that they can offer a way to trace processes that occur during subduction and 

subducting slabs, as well as distinguishing between types of slab derived components added to the 

sub-arc mantle wedge (e.g., Prytulak et al., 2013; Andersen et al., 2015; Freymuth et al., 2015; König 

et al., 2016; Klaver et al., 2020; Mazza et al., 2020; Wu et al., 2020; Parendo et al., 2022b; Stubbs 

et al., 2022). 

 

Arc lavas are enriched in heavy alkali and alkaline earth elements (K, Rb, Cs, Ba) and some other, 

largely incompatible, elements (e.g., Mo, W, Pb and U) interpreted to be mobile in aqueous fluids 

released by dehydration of the subducting slab. This enrichment is marked when compared to 

elements of similar incompatibility during mantle melting, which are ‘fluid immobile’, such as Th 

and Nb, resulting in distinctive trace element ratios, e.g. elevated  Ba/Th in arc lavas (Elliott, 2003). 

Other sources of incompatible element enrichments in arc lavas are subducted sediments that 
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potentially influence the composition of the sub arc mantle wedge through dehydration fluids or 

sediment melts (e.g., Plank and Langmuir, 1993).  

 

Stable isotope systems of elements that are relatively enriched in arc lavas offer a promising way 

to investigate the processes occurring during subduction, arc lava generation and ultimately 

generation of chemical heterogeneity within the mantle due to crustal recycling (e.g., U (Andersen 

et al., 2015);  Ba (Nielsen et al., 2018); Mo (Hin et al., 2022)). One such emerging stable isotope 

system is potassium (K), which owing to recent advancements in mass spectrometry technology, 

has seen numerous studies applying the system to geological systems (e.g., Wang and Jacobsen, 

2016; Li et al., 2016; Chen et al., 2019a; Tuller-Ross et al., 2019b; Hu et al., 2020; Liu et al., 2020; 

Santiago Ramos et al., 2020; Wang et al., 2020; Parendo et al., 2022a, 2022b). Potassium is one of 

the observed ‘fluid mobile’ element in arc lavas and gaining an isotopic perspective on this 

elemental variability during subduction will be valuable to further understanding arc lava 

generation and subducting slab to surface elemental fluxes. 

 

There are significant K isotopic variations in reservoirs that represent the sources of some 

subducting components (Fig. 1), i.e., sediments overlying oceanic crust (Hu et al., 2020) and altered  

oceanic crust / ophiolites (Parendo et al., 2017; Hu et al., 2020; Santiago Ramos et al., 2020). 

Therefore, the K isotope system has potential to trace processes of subduction and crustal 

recycling. Studies on the lesser Antilles arc and Izu arc lavas have recently shown K isotopic 

variability in arc lavas and compositions that are distinct from the upper mantle as represented by 

MORB (Hu et al., 2021a; Parendo et al., 2022b) (Fig. 1). The variability and distinctive 

compositions of the arc lavas have been proposed to reflect the addition of variable amounts of 

slab-derived components into the mantle below these arcs. Values of ẟ41K (41K/39K ratio relative 

to the international K reference material NIST SRM3141a) in arc lavas higher than MORB have 

been proposed to reflect the addition of a slab dehydration fluid to the mantle source (Fig. 1), 

where K isotopes compositions are fractionated by lighter K isotopes being retained in phases 

such as phengite in the subducting slab (Liu et al., 2020; Parendo et al., 2022b). Other arc lavas 

that have ẟ41K lower than MORB, notably in the lesser Antilles arc, are thought to reflect the 

addition of small amounts (< 1 to 5 %) of sediment melts enriched in isotopically light K to their 

mantle sources (Hu et al., 2021a) (Fig. 1). Therefore, K isotopes are a potential useful tracer of 

different slab components and should help in improving the understanding of chemical processes 

occurring during subduction. 
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Given this promise, we herein apply the K isotopic system to a set of well-studied Mariana arc lava 

samples and associated subducting sediment (Elliott et al., 1997). Mariana arc lavas show 

significant inter-islands geochemical variations, that have been argued to reflect the variable 

addition of a sediment component and the near constant addition of an aqueous fluid component 

to the mantle source of the arc lavas (Elliott et al., 1997). Our K isotopic data adds to the growing 

body of novel stable isotope data on the Mariana arc from elements such as Tl, U, Mo, Sr, and W, 

that have also found success in identifying slab components added to the sub arc mantle wedge, 

and on the nature of these components, i.e., that aqueous dehydrated fluids are highly oxidising 

and likely originate from serpentinites at the base of subducting crust (Prytulak et al., 2013; 

Andersen et al., 2015; Freymuth et al., 2015; Klaver et al., 2020; Stubbs et al., 2022). One aspect 

of arc lava studies, particularly for the Mariana arc, that has remained relatively unresolved 

however, is the exact nature of the sediment component, with studies either suggesting a dominant 

volcaniclastic sediment component or mix of bulk sediment and AOC (Elliott et al., 1997; Skora 

and Blundy, 2010; Avanzinelli et al., 2012; Martindale et al., 2013; Freymuth et al., 2015; Klaver et 

al., 2020; Turner and Langmuir, 2022). Given the large isotopic variations found between 

sediments and AOC (Hu et al., 2020), K isotopes may offer a unique perspective on this debate 

and aid in narrowing the nature of the sediment component added to the Mariana sub arc mantle. 
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Fig. 1. Potassium isotopic composition of  a range of  reservoirs demonstrating 

isotopic heterogeneity in the K system. The average Ryukyu, South Antilles and 

Philippines sedimentary inputs to subduction zones are shown as grey arrows at the 

top of  the figure and are all from Hu et al. (2020). The Izu-Bonin arc average 

sedimentary input is from Parendo et al. (2022a). Bulk silicate Earth and MORB is 

from Tuller-Ross et al. (2019b) and uses concentrations from McDonough and Sun 

(1995) and Gale et al. (2013) and are shown with 1SD errors. Seawater 

composition is from Wang et al. (2020), error is 2SD. The ODP 801C 

Supercomposite to represent altered oceanic crust is from Hu et al. (2020), error is 

2SD. Average eclogite composition to represent subducting residue after subduction 

zone processing is from Liu et al. (2020), error is 1SD. Upper continental crust is 

from Huang et al. (2020) and Rudnick and Gao (2014), error is 2SD. The average 

composition of  arc lavas from the front Izu arc is shown from Parendo et al. (2022b), 

error is 1SD. The isotopically heaviest and lightest arc lava composition (not affected 

by slab dehydration f luids) from the lesser Antilles arc is shown from Hu et al. 

(2021a) and Labanieh et al. (2012), error is the 95 % CI. Average composition of  

Bay of  Island ophiolite is from Parendo et al. (2017), error is 1SD.  
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6.2 Geological location and samples  
 

The Mariana volcanic arc, located in the western Pacific Ocean, forms the southern portion of the 

Izu-Bonin-Mariana subduction zone that stretches 2500 km and has been active since ~ 45 Ma 

(Meijer et al., 1983) (Fig. 2). Jurassic to Cretaceous aged Pacific oceanic crust, with overlying 

sediment cover, subducts westwards beneath the Philippine sea plate at ~ 4 cm yr−1 (Seno, 1977; 

Stern et al., 2003). As an intra-oceanic convergent margin, the potential impact of continental crust 

contamination on arc lavas is minimised, and a clearer assessment of mantle to crust fluxes is 

possible (Stern et al., 2003). There is no observable accretionary prism (von Huene and Scholl, 

1991), suggesting that a large majority of the sediment package is subducted, allowing studies of 

outboard sediments to characterise subduction zone inputs.  

 

The Mariana arc system is split into three regions, southern seamount, central island and northern 

seamount (Bloomer et al., 1989); the samples is this study come from the central island province, 

and are originally from Elliott et al. (1997) and have been well characterised for their trace element, 

radiogenic and stable isotope compositions (Elliott et al., 1997; Avanzinelli et al., 2012; Prytulak et 

al., 2013; Andersen et al., 2015; Freymuth et al., 2015; Klaver et al., 2020; Stubbs et al., 2022). They 

are Holocene-age lavas with historic records and thus have minimal impact from recent alteration. 

Geochemical data for the whole Mariana central island province arc sample set is from Elliott et 

al. (1997) and updated Pb isotopic data is from Freymuth et al. (2015). 

 

The central island province of the Mariana islands comprise a number of volcanic islands that 

erupt basalt to basaltic andesite composition lavas that have been the focus of numerous studies 

(Meijer, 1976; Dixon and Batiza, 1979; Stern, 1979; Chow et al., 1980; Meijer and Reagan, 1981; 

Stern and Ito, 1983; Hole et al., 1984; White and Patchett, 1984; Woodhead and Fraser, 1985; Ito 

and Stern, 1986; Woodhead, 1988, 1989; Elliott et al., 1997; Elliott, 2003; Ito et al., 2003; Stern et 

al., 2003; Pearce et al., 2005; Tollstrup and Gill, 2005; Kelley et al., 2010; Avanzinelli et al., 2012; 

Prytulak et al., 2013; Andersen et al., 2015; Freymuth et al., 2015; Williams et al., 2018; Klaver et 

al., 2020; Stubbs et al., 2022). These studies have shown inter-island variability in trace element, 

radiogenic and stable isotope compositions that have been interpreted to reflect the addition of 

variable amounts of slab components to the mantle source of the central island province lavas.  

An initially more chemically depleted Mariana mantle source, compared to the average MORB 

source, is inferred (Woodhead et al., 1993), meaning that the addition of any incompatible elements 
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to the mantle source should have a large control on the resulting geochemical and isotopic 

characteristics.  

 

We measured two samples from each of the following islands: Guguan (Gug 6 and Gug 11), Pagan 

(Pag 1 and Pag 3), Agrigan (AGR 4b and MM92 6) and Uracas (Ura 5 and Ura 7).  These islands 

cover the full range of compositional variability (Fig. 3). Lavas from Guguan are the most 

incompatible element depleted, with Pagan being less depleted, but both have high Ba/Th and 

low (La/Sm)N thought to reflect the dominance of a fluid component enriched in ‘fluid mobile’ 

elements (Fig. 3). Lavas from Agrigan and Uracas show opposite trends in these ratios reflecting 

the addition of a (low Ba/Th) sediment component that overprints the fluid addition (Fig. 3) 

(Elliott et al., 1997). These samples allow us to investigate if the addition of variable amounts of 

slab components is reflected in the K isotopic composition of the Mariana arc lavas.  

 

There have been several Ocean Drilling Program (ODP) cores made of the sediment package and 

magmatic oceanic crust located to the east of the subduction zone, most notably those from ODP 

leg 129 drill sites (holes 800, 801 and 802) located ~ 500 to 700 km east of the Mariana trench. 

These holes penetrate the entire sediment package and sample the full range of sedimentary 

lithologies, allowing an investigation of the potential sediments that have subducted below the 

Mariana arc given the lack of accretionary prism (Salimullah and Stow, 1992). Site 801 has a well-

studied core of AOC that penetrates 417 m into ~ 170 Ma magmatic oceanic crust. This also 

permits for the study of the AOC that subducts at the Mariana trench (e.g., Hauff et al., 2003; 

Kelley et al., 2003; Andersen et al., 2015; Freymuth et al., 2015) and for K in Hu et al. (2020).  

 

We have measured K isotope ratios in sediment samples from ODP site 801 from distinct 

sedimentological units. These units are 65 m of Cenozoic clay (Unit 1 – Pelagic Clay, 2 samples), 

60 m of Late Cretaceous chert and porcellanite (Unit 2 – Chert and Porcellanite, 1 sample), 190 m 

of Early Cretaceous volcaniclastic turbidities (Unit 3 – Volcaniclastics, 3 samples), and 140 m of 

Jurassic radiolarite and claystones (Unit 4/5 – Radiolarite and Claystone, 3 samples) (Lancelot et 

al., 1990). The thickness of the sediment sequences is variable between sites 800, 801 and 802, but 

overall volcaniclastic sediments are dominant volumetrically, ~ 55 % at each site. The pelagic clays 

and volcaniclastic samples also dominate the incompatible element budget of the sedimentary 

sequence.  
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We make the assumption that individual sediment samples well represent the entire sedimentary 

units, a likely reasonable approximation. Average unit compositions can be proportioned 

according to sediment thickness and density, following Plank and Langmuir (1998) and Elliott et 

al. (1997) to form a bulk unit sediment composition that represents on average the subducting 

sediment unit composition. Major and trace element data for sediments is from Plank and 

Langmuir (1998) and radiogenic isotopes from Vervoort et al. (2011); this is apart from sample 

801B-7R-1. 35-37 which is from Elliott (pers. comm). We note however that samples were re-

made for the study of Freymuth et al. (2015), which are the samples used in study. To have a 

consistent and complete data set, however, we use the data from Plank and Langmuir (1998) and 

Vervoort et al. (2011), and note that any differences in exact compositions are insignificant and do 

not change any of our interpretations.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 2. Map of  the Izu-Bonin-Mariana arc and a smaller scale map of  the Mariana 

arc showing the location of  some of  the islands of  central island province and 

locations of  the ODP sites 800, 801 and 802. Base map from Geomapapp 

(http://www.geomapapp.org). 
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Fig. 3 Geochemical variation of  Mariana arc central island province lavas and 

sediments from ODP site 801as demonstrated by their trace element ratios. Mariana 

arc lava samples shown as large circ les are those from Elliott et al. (1997), fil led 

circ le symbols are those used in this study, while hollow samples represent those 

from the same island or other islands not used in this study. Sediments are shown 

as diamonds, fil led diamonds represent discrete samples measured and hollow 

samples represent the average unit composition. Estimates of  mean MORB and AOC 

compositions are from Gale et al. (2013) and Kelley et al. (2003) respectively, 

where the AOC sample represents supercomposite of  altered mafic oceanic crust at 

ODP site 801C. Small grey circ les are literature data for central island province 

(Dixon and Batiza, 1979; Hellman et al., 1979; Hole et al., 1984; Pearce et al., 

1999; Pallister et al., 2005; Wade et al., 2005; Stern et al., 2006; Kelley et al., 

2010; Marske et al., 2011; Woodhead et al., 2011; Kelley and Cottrell, 2012; 

Tamura et al., 2014; Ikeda et al., 2016). 
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6.3 Methods  
 

Full methods for K isotope analysis are given in chapter 2 and are only briefly reproduced here. 

Approximately 20 to 50 µg of K for each sample was processed through the three-column 

separation method outlined in Tacail et al. (in prep), involving a three-step column procedure using 

AG50W-X12 cationic resin in 1 M HNO3, AG50W-X12 cationic resin in 0.4 M HCl and AG1-X8 

anionic resin 200 to 400 mesh in < 0.01 M HCl − 1 % H2O2. Samples were dried and re-dissolved 

in 5 ml of 0.312 M HNO3 and then further diluted to 1 ug g−1 K for analysis. Total procedural 

blanks for chemical processing and measuring were ~ 60 ng K, insignificant compared to the total 

amount of K processed, > 20 ug.  

 

Potassium isotope ratios were measured on a unique, tribrid mass-spectrometer (Proteus), a 

collision cell multicollector, inductively coupled plasma mass spectrometer with pre-cell mass filter 

(CC-MC-ICP/MS/MS) (Bevan et al., 2021; Lewis et al., 2022; Mahan et al., 2022; Tacail et al., in 

prep). We use Proteus with a collisional gas mixture of H2 and He, and full transmission through 

the preceding quadrupole mass filter. This gas mixture charge neutralises the Ar+ and promotes 

the transmission of K+ through the cell by collisional focussing. Potassium ions are then 

transmitted through the mass spectrometer, free of Ar-based interferences which allows accurate 

measurement of 41K/39K in low mass resolution mode (M/ΔM ~ 3000, 5 to 95 % peak height 

definition) (Tacail et al., in prep). Each analysis consumes ~ 360 ng K per measurement. Each 

sample was preceded and followed by a measurement of the NIST3141a standard. Samples and 

standards were all run at a K concentration of ~ 1 ug g−1 and matched intensity-wise to within 5 

%. After every five sample measurements isotope beam peaks were re-centred using 39K. Raw 

intensities for blanks, standards and samples were reduced offline. Each sample and standard were 

corrected for instrumental blank and intensities re-calculated. Samples were externally normalised 

to the bracketing solution standard and ẟ41K calculated as ẟ41K = [(41K/39K)sample/(41K/39K)SRM3141a 

– 1].  

 

All samples measured during this work for their K isotopic composition are pooled to define an 

2SD external reproducibility of ẟ41K ± 0.141 ‰ (Chapter 2). We then use this uncertainty to 

calculate pooled external 2SE for each sample, which is given in table 1. Samples Gug 6 and Pag 

3 were digested twice, and the repeat sample is denoted r in table 2 (the ẟ41K values of repeats are 

within uncertainty, and grand average of measurements is included in table 1). 
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6.4 Results 
 

The K isotopic composition for samples is given in table 1, along with the K concentration and 

K/La ratio. The K concentrations of Mariana arc lavas measured in this work show a wide range 

of concentrations, 3600 to 12000 ug g−1. Relative to the mean unaltered N-MORB K concentration 

of ~ 1300 ug g−1 (Gale et al., 2013), the Mariana arc lavas are enriched by up to an order of 

magnitude. Trace element ratios such as K/La are variable in the arc lava samples measured, 

ranging from ~ 800 to 1300 reflecting the enrichment in K. The stable K isotopic compositions 

of the Mariana arc lavas show a small range (~ 0.14 ‰) from ẟ41K = −0.312 ± 0.05 ‰ 2SE in 

MM92 6 to ẟ41K = −0.177 ± 0.033 ‰ 2SE in Pag 3. These compositions are all isotopically heavier 

than MORB (ẟ41K = −0.44 ± 0.03 ‰ 2SE, (Tuller-Ross et al., 2019b) and the ODP site 801C 

altered oceanic crust (AOC) supercomposite sample which reflects the average composition of 

subducting AOC, ẟ41K = −0.32 ± 0.04 ‰ 2SD, (Hu et al., 2020). There is also no clear systematic 

variation between K concentrations and ẟ41K (Fig. 4). 

 

There are no systematic variations between K concentration, ẟ41K or K/La ratios with tracers of 

magmatic differentiation such as SiO2 and MgO, indicating that the observed variations in K 

systematics are not unlikely from magmatic processes (Fig. S1).  

 

Variations in ratios of Ba and Pb to fluid immobile elements of similar incompatibility, e.g., Th 

and Ce respectively, can inform us about non-magmatic processes. Potassium should therefore be 

expected to show similar trends to Ba and Pb when plotted against a fluid immobile element of 

similar incompatibility such as La. There is a strong positive correlation between Ba/Th and K/La 

in the whole set of Mariana arc lavas, indicating fluid addition of Ba and K to the Mariana arc lava 

source (Fig. 5). There are however no strong correlations between ẟ41K and Ba/Th, Pb/Ce and 

K/La (Fig. 6), but there is a general trend where the isotopically heaviest samples, Gug 11 and Pag 

3, have highest ‘fluid mobile’/’fluid immobile’ ratios (Fig. 6). This indicating that fluids may be a 

source of isotopically heavy K isotopes in the Mariana arc lavas.  

 

All sediment samples are isotopically lighter than the Mariana arc lavas, and AOC from the same 

site, ẟ41K = −0.32 ± 0.04 ‰ 2SD, (Hu et al., 2020) (Fig. 4). There is a large range in ẟ41K of the 

sediments, (1.06 ‰) ranging from ẟ41K = −1.432 ± 0.045 ‰ 2SE in a volcaniclastic sediment to 

ẟ41K = −0.371 ± 0.045 ‰ 2SE in a pelagic clay (Fig. 4). Potassium concentrations show a large 
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range, ~ 6300 to 35000 ug g−1, highest in the pelagic clays (Fig. 4). There is a slight negative 

correlation between K concentration and ẟ41K in units 2, 3 and 4/5, where higher K concentration 

samples are isotopically lighter, but this trend is not seen in the pelagic clays which are isotopically 

indistinguishable from MORB (Fig. 4). There is general positive correlation in the sediment 

samples with Ba/Th against K/La (Fig. 5), and all average sediment units and the bulk sediment 

have Ba/Th and K/La ratios lower than the Mariana arc lavas (Fig. 5). The volcaniclastic samples 

are distinguishably enriched in K relative to the other sediment samples, with all samples having 

similar or higher K/La ratios than the Mariana arc lavas (Fig. 5). There is clear negative correlation 

between K/La and ẟ41K in the sediment samples, indicating that K addition may result in K 

isotopic fractionation, where isotopically light K is preferentially taken up into sediments (Fig. 6b). 

 

The discrete sediment samples can be grouped into their respective units and K isotopic 

composition calculated from an average weighted by their K concentrations (Table 1). Trends and 

variations of the discrete samples and the average compositions for the units are generally the 

same, therefore unless otherwise stated any further discussion of ODP site 801 sediment samples 

will relate to the average compositions of the units for simplification. Pelagic clay, Chert and 

Porcellanite and, Radiolarites & Claystone are indistinguishable from MORB in ẟ41K (Table 1, Fig. 

4, 6). The Volcaniclastic unit however is significantly isotopically lighter than any other of the 

Mariana arc inputs (Table 1, Fig. 4, 6). The bulk sediment composition (dominated by the 

volcaniclastic component) has a high K concentration, low Ba/Th and K/La and is isotopically 

light and distinguishable from the Mariana arc lavas, MORB and AOC (Table 1, Fig. 4, 6).  
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Fig. 4 Potassium concentration against ẟ41K in the Mariana arc lavas and ODP site 

801 sediments. Filled diamonds represent the individual sediment samples and 

hollow samples with coloured outlines represent the bulk sediment unit composition. 

The composition of  altered oceanic crust is from Hu et al. (2020) and our averaged 

MORB K concentration is N-MORB from Gale et al. (2013) and ẟ41/39K from Tuller-

Ross et al. (2019b). Errors bars are pooled 2SE. Note that the K concentration 

scale on the figure showing all the data is a log scale and a linear scale on the 

enlarged figure showing the arc lavas. 
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Fig. 5. Relationship of  the K/La and Ba/Th ratios of  the full set of  Mariana arc lavas 

from Elliott et al. (1997). Symbols are the same as in Fig. 3. Hollow circular with 

coloured outline samples of  arc lavas represents those without ẟ41K measurements. 

There is a strong positive correlation between K/La and Ba/Th in the arc lavas 

indicating enrichment in the f luid mobile K and Ba compared to f luid immobile La 

and Th. Mariana islands show variable amounts of  f luid and sediment addition 

indicated with arrows. Sediments mostly have low K/La compared to the arc lavas 

except for some of  the volcanic lastic and radiolarite & claystone sediments.  
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Fig. 6. Variations of  f luid mobile elements (Ba, K, and Pb) ratioed to f luid immobile 

elements of  similar incompatibility (Th, La and, Ce) with ẟ41K. Symbols are the same 

as in Fig. 3. Error bars are pooled 2SE. Note that in 6a the larger view has a log y-

scale, while the zoomed in section has a linear y-scale. 
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Sample group Location Sample Lithology 
[K] 

(ug g−1) 
K/La 

ẟ41K 

(‰) 
2SE N 

Mariana arc 

lavas central 

island 

province 

Guguan 

Gug 6    −0.284 0.050 8 

Gug 6 r    −0.290 0.045 10 

Gug 6 Basalt 3595 1145 −0.287 0.033 18 

Gug 11 
Basaltic 

andesite 
4209 1324 −0.235 0.050 8 

Pagan 

Pag 1 Basalt 6281  −0.244 0.050 8 

Pag 3    −0.155 0.050 8 

Pag 3 r    −0.194 0.045 10 

Pag 3 Basalt 6475 1250 −0.177 0.033 18 

Agrigan 

AGR 4b Basalt 7090 938 −0.300 0.050 8 

MM92 6 
Basaltic 

andesite 
11705 1026 −0.312 0.050 8 

Uracas 

Ura 5 
Basaltic 

andesite 
4400 989 −0.268 0.050 8 

Ura 7 
Basaltic 

andesite 
6276 787 −0.282 0.050 8 

Marine 

sediment 

ODP 

site 801 

801A 3R 

2 56 58 
Pelagic clay 34452 276 −0.373 0.045 10 

801A 5R 

3 50 51 
Pelagic clay 35448 405 −0.371 0.045 10 

Unit 1 Brown clay 32625 314 −0.372 0.045  

801A 80 

100M 
Chert 6309 334 −0.429 0.045 10 

Unit 2 Chert + Pc 6392 533 −0.429 0.045  

801A 

17R1 28 

30 

Porcellanite 12203 732 −0.834 0.045 10 
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801B 5R l 

40 42 
Volcaniclastic 13283 811 −1.322 0.045 10 

801B 7R 

1 35 37 
Volcaniclastic 31297 1564 −1.432 0.045 10 

Unit 3 Volcaniclastic 13449 708 −1.278 0.045  

801B 

15R1 19 

20 

Chert 8883 665 −0.597 0.045 10 

801B 24R 

1 54 112 
Radiolarite 7804 605 −0.473 0.045 10 

801B 35R 

2 0 10 
Rad + Clst 22580 1186 −0.430 0.045 10 

Unit 4 / 5 Rad + Clst 5022 628 −0.476 0.045  

Bulk 

sediment 
 10053 529 −0.854 0.045  

Table 1. Potassium concentration and isotopic compositions of  samples measured. 

The K/La ratio for the Mariana arc lavas uses data from Elliott et al. (1997), and for 

the sediments is from Vervoort et al. (2011) and Elliott (pers. comm). Error on ẟ41K 

is the pooled two standard error and N refers to the number of  repeat measurements 

on a single digestion of  sample.  
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6.5 Discussion 
 

6.5.1 Magmatic differentiation as a source of K isotopic heterogeneity in arc lavas 

 

The Mariana arc lavas represent a suite of basaltic-to-basaltic andesite lavas that have undergone 

slight magmatic differentiation with MgO contents varying from 6.2 to 2.3 wt. %. It has been 

shown that for some major elements such as Fe and compatible trace elements like V, isotopic 

variation of these elements in the Mariana arc lavas can be explained by crystallisation of oxide 

phases (Prytulak et al., 2017; Williams et al., 2018). In evolved magmas, such as leuco-granitic 

melts, K has been shown to undergo large ~ 1 ‰ K isotopic fractionation during fractional 

crystallisation and cumulation processes (Wang et al., 2022) due to the continuous separation and 

crystallisation of plagioclase, a host for heavy K isotopes (Zeng et al., 2019; Kuhnel et al., 2021). 

Other felsic systems have also showed varying magnitudes and senses of K isotopic fractionation 

that is dependent on the crystalising assemblage, with 41K enrichment following the general 

decreasing preference order of plagioclase, hornblende, biotite & K-feldspar and muscovite (Ding 

et al., 2023; Huang et al., 2023). In basaltic magmatic differentiation however, results from Tuller-

Ross et al. (2019a) and Hu et al. (2021b) on well characterised sets of basaltic lavas from Hekla 

Iceland and Kilauea Iki lava lake Hawaii respectively show no resolvable K isotopic fractionation 

during magmatic differentiation of samples ranging from MgO contents 26.9 to < 1 wt. %, due to 

low K concentrations in major crystalising phases in mafic magma (olivine and pyroxene) (Wang 

et al., 2022). This combined with the lack of systematic variation in ẟ41K or K/La of the Mariana 

arc lavas with SiO2 and MgO (Fig. S1) reflects that any variability in the ẟ41K composition of 

Mariana arc lavas likely represents source heterogeneity in the mantle that the lavas are sourced 

from.  

 

6.5.2 Subduction zone input K isotopic heterogeneity 

 

An important process of creating heterogeneity in the sub-arc mantle is the variable contribution 

of subducting slab-derived components. It has been shown that the Mariana arc lavas inter-island 

variability can be explained by the variable addition of subducting sediments and a slab dehydration 

fluid to the source of the arc lavas (Meijer, 1976; Stern and Ito, 1983; Woodhead, 1989; Elliott et 

al., 1997; Kent and Elliott, 2002; Tollstrup and Gill, 2005; Avanzinelli et al., 2012; Prytulak et al., 

2013; Freymuth et al., 2015; Stubbs et al., 2022). The high concentrations of K in subduction zone 

inputs (ODP 801 sediments [K] ~ 10000 ug g−1 and AOC [K] ~ 5300 ug g−1) relative to the low 
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concentration of the depleted MORB source [K] ~ 60 ug g−1 (Salters and Stracke, 2004) mean that 

the addition of even a small amount of slab-derived components that are K enriched and 

isotopically variable should strongly alter the composition of the sub-arc mantle. Therefore, to 

assess the K systematics of the Mariana arc lavas it is first necessary to understand enrichment and 

isotopic variability within the K subduction zone inputs. 

 

Potassium appears isotopically relatively homogeneous in measured MORB samples, −0.44 ± 0.03 

2SE and similar to estimates of the bulk silicate Earth, −0.43 ± 0.09 ‰ 1SD, (Tuller-Ross et al., 

2019b). Other Earth reservoirs, upper continental crust, AOC, marine sediments, and seawater, 

however, show more variability and can be distinct from MORB (Fig. 1). The unaltered upper 

continental crust shows heterogeneity in ẟ41K ranging from −0.68 to −0.12 ‰, but a weighted 

average of −0.44 ± 0.05 2SD is indistinguishable from BSE (Huang et al., 2020) (Fig. 1). 

Weathering and alteration of the continental crust however can generate an extra degree of 

variability in K systematics. The continental chemical weathering of basaltic (Chen et al., 2020) 

and granitic (Teng et al., 2020) sources has been shown to create weathering residues, e.g. bauxites, 

that are up to −0.5 ‰ isotopically lower than unaltered upper continental crust (Chen et al., 2020), 

indicating the incorporation of isotopically light K into secondary formed minerals. This is seen in 

the correlation of ẟ41K with traces of silicate weathering such as Fe2O3/Al2O3, Fe2O3/K2O, 

Al2O3/SiO2, K2O/Al2O3 reflecting the incorporation of isotopically light K into secondary 

minerals and the release of isotopically heavy K to the hydrosphere during weathering (Huang et 

al., 2020). Overall silicate weathering has been shown to release isotopically heavy K into global 

river waters (Li et al., 2019a, 2019b; Chen et al., 2020; Huang et al., 2020; Teng et al., 2020), which 

ranges from ẟ41K −0.59 ± 0.04 to −0.08 ± 0.04 ‰ , with a weighted average of −0.38 ± 0.04 ‰ 

(Li et al., 2019a; Wang et al., 2020) and contributes to the global seawater K budget. Notably, 

however, seawater is distinctly isotopically heavier than global river runoff; it is the isotopically 

heaviest K reservoir so far measured on Earth (Fig. 1), ẟ41K = +0.12 ± 0.07 ‰ 2SD (Hille et al., 

2019; Wang et al., 2020) and is consistent irrespective of location and depth. Therefore, to explain 

the ~ 0.6 ‰ heavier K isotopic composition of seawater relative to the BSE, processes other than 

riverine input are needed, that have an isotopically light output on average. Two of the main 

outputs from seawater are the alteration of the oceanic crust and marine sediments, both of which 

are key subduction zone inputs. 

 

High temperature, axial alteration of the oceanic crust is a source of K to the oceans, (Bloch and 

Bischoff, 1979; Elderfield and Schultz, 1996; Jarrard, 2003; Staudigel, 2014). However, there is 
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apparently little to no isotopic effect of this processes as high temperature AOC (ẟ41K −0.37 ± 

0.24 ‰) is indistinguishable from fresh MORB and therefore unlikely to be a significant source of 

K isotopic heterogeneity to the mantle (Santiago Ramos et al., 2022). Low temperature alteration 

of the oceanic crust however is associated with large amounts of K uptake and represents a major 

sink of K from the oceans (Staudigel et al., 1996; Kelley et al., 2003; Staudigel, 2014). Ophiolite 

samples show contrasting trends of isotopic variation, the Bay of Island ophiolite (Fig. 1), Canada 

(Parendo et al., 2017), shows K isotopic compositions similar to seawater, making AOC 

isotopically heavier than MORB, while data from the Troodos ophiolite show dominantly 

isotopically light K compositions in altered basalts (Santiago Ramos et al., 2020). Data from a full 

suite of AOC at ODP site 801C (~ 170 Ma) shows signatures that range above and below MORB 

from ẟ41K −0.62 ± 0.06 to −0.05 ± 0.03 ‰ 2SD (Hu et al., 2020). Measurements of AOC from 

IODP U1365 (~ 100 Ma) and U1368 (~ 13.5 Ma) average ẟ41K −0.40 ± 0.33 ‰ 2SD, 

indistinguishable from MORB (Liu et al., 2021). Data from AOC along the southern Mariana 

trench (Challenger Deep) also show variable K isotopic compositions in ẟ41K −0.72 ± 0.05 to 

+0.05 ±0.05 ‰ 2SD (Liu et al., 2023), again implying variable isotopic fractionation of K during 

the alteration of the oceanic crust. Predominantly, however, individual samples of AOC tend to 

be isotopically lighter than MORB and reflect the uptake of isotopically light K from seawater, 

contributing to the heavy K isotopic composition of seawater. Seawater alteration forms minerals 

such as celadonite, saponite, glauconite and secondary K-feldspar which are all hosts for K. Clay 

minerals have a higher co-ordination number for K than seawater, which is predicted to result in 

the lighter 39K being preferentially taken up during oceanic crust alteration (Zeng et al., 2019). The 

best estimate for the average composition of the AOC subducted beneath the Mariana arc is the 

801C supercomposite sample (Kelley et al., 2003) mixed from appropriate proportions of the AOC 

to be a representative average composition. The 801C supercomposite is slightly isotopically 

heavier than MORB, ẟ41K −0.32 ± 0.03 ‰ 2SD (Hu et al., 2020), and  enriched in K relative to 

fresh N-MORB (5320 ug g−1 compared to ~ 1300 ug g−1) (Fig. 1), and will be used henceforth to 

represent the on average AOC subduction zone input to the Mariana arc. 

 

Marine sediments represent a major oceanic sink for various elements and with a large degree of 

variability seen in the ODP 801 sediments measured (~ ẟ41K = −1.40 to −0.38 ‰) it is necessary 

to understand the cause of variation. Santiago-Ramos et al. (2018) show through the measurements 

of deep-sea sediment pore fluids that via reverse-weathering, through the formation of aluminium 

silicates and diffusion, authigenic marine clays become enriched in isotopically light K relative to 

seawater. The main sedimentary hosts for K are illites with isotopically light K and authigenic 
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glauconites that preferentially up take light K from seawater (Li et al., 2022). Parendo et al. (2022a) 

found that sediments outboard from the Izu-bonin trench and Nakai trough are on average marine 

sediments are 0.1 ‰ isotopically lighter in ẟ41K than the upper continental crust (Fig. 1). One 

volcanic ash layer analysed by Parendo et al. (2022a) has an isotopic composition as light as two 

of the volcaniclastic samples from this study at ẟ41K −1.33 ± 0.04 ‰. The origin of extremely light 

volcaniclastic components may result from the formation of authigenic minerals in marine 

diagenesis from originally anhydrous volcaniclastics and low temperature alteration to form clays 

(Hu et al., 2020; Parendo et al., 2022a), which preferentially incorporate light K isotopes (Huang 

et al., 2020). 

 

The most comprehensive study of K isotopic systematics in global subducting sedimentary 

columns shows that there is a large degree of variability (Hu et al., 2020) (Fig. 1). Average 

compositions of subducting sediments range from values isotopically lighter than MORB, e.g., 

outboard of the Ryukyu arc, to isotopically heavier, e.g., around the Philippines (Hu et al., 2020) 

(Fig. 1). The average composition of analysed global subducting sediment is ẟ41K −0.48 ± 0.4 2SD 

(Hu et al., 2020), and indistinguishable from MORB. However, given the large degree of variability 

between different sediment columns (Fig. 1), each subduction zone should be treated individually 

and assessed for its unique sediment input. For example the lesser Antilles arc lavas show a range 

in ẟ41K from −0.37 to −0.66 ‰ (apart from three samples suspected to reflect the influence of 

slab dehydration fluids) (Hu et al., 2021a) (Fig. 1), with the variability argued to reflect the addition 

of isotopically light K from subducting sediments (Hu et al., 2020) (Fig. 1), in agreement with 

other studies that suggest a strong sediment component in the lesser Antilles arc (e.g., White and 

Dupré, 1986; Freymuth et al., 2016a). Given that the Mariana arc lavas measured in this study are 

all isotopically heavier than MORB and the ODP 801 sediments measured, different arcs thus 

appear to be influenced to different amounts by subducting components in terms of K isotopes. 

In the study from Hu et al. (2020) the Mariana arc sedimentary component is based on the 

composition of the SED component from Kelley et al. (2003) which is a composite of interflow 

sediments accumulated between basaltic pillows in the upper 230 m of basement and has a K 

isotopic composition of −0.42 ‰, identical to fresh MORB (Tuller-Ross et al., 2019b; Hu et al., 

2020). This estimate for the sedimentary input to the Mariana column is distinctly different to our 

estimate from the combination of discrete sediment samples from ODP 801 that average at ẟ41K 

−0.85 ± 0.045 ‰ (dominated by the volcaniclastic component), which is distinguishable from 

MORB. The estimate of the subducting sedimentary column in this study is more representative 

of the bulk sedimentary composition subducted at the Mariana arc.  
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The marine sediments from ODP 801 that we have measured fall on trends similar to the global 

sediment study of Hu et al. (2020). Global marine sediments, which are a mix of detrital, biogenic 

and authigenic phases show a positive trend of K with Rb content (Hu et al., 2020) (Fig. 7a) and 

have K2O/Rb ratios similar to Post Archean Australian Shales (Taylor and McLennan, 1985). This 

indicates that K and Rb in the marine sediments are largely sourced from detrital phases such as 

clay minerals that can accommodate the large K cation, with Unit 2 – Chert and Porcellanite and 

unit 4 / 5 – Radiolarite and Claystone, reflecting this dominance of the K budget in terrigenous 

clays (Hu et al., 2020). Unit 1 – pelagic clays have abnormally high K2O contents, but also high Rb 

contents and may reflect the diagenetic uptake of alkali elements during submarine alteration (Fig. 

7a). Unit 3 – the volcaniclastic samples that are interbedded with minor pelagic intervals extend to 

high K2O contents and all have low Rb contents (< 50 ug g−1) (Fig. 7a), potentially reflecting that 

the K budget is dominated by another processes. Units 1, 2 and 4 / 5 fall on a well-defined negative 

correlation between ẟ41K and Rb/K2O indicative of continental weathering (Fig. 7b), where Rb, 

the larger cation, is favoured, compared to K, by clay mineral formation during continental 

weathering. This weathering processes releases isotopically heavy K to water, driving residual 

sediment compositions isotopically lighter (Li et al., 2019a; Chen et al., 2020; Hu et al., 2020; Huang 

et al., 2020; Teng et al., 2020).  

 

Samples from Unit 3, volcaniclastics, do not fall on this trend line and instead extend to low 

Rb/K2O ratios and extremely isotopically light ẟ41K compositions. The volcaniclastic unit having 

distinct correlations in K2O versus Rb (Fig. 7a) and ẟ41K versus Rb/K2O (Fig. 7b) suggest that the 

K budget is dominated by other processes, such as the diagenetic uptake of K during the formation 

of authigenic minerals in-situ during marine weathering  (Hu et al., 2020). Isotopically light K may 

be taken up into authigenic minerals formed in sediments, such as during the alteration of smectite 

to illite and fixation of K into interlayers of clays (Hu et al., 2020). The light isotopic composition 

of the volcaniclastic sediments is supported, as outlined by Hu et al. (2020) from modelling results 

of pore fluids (Santiago Ramos et al., 2018) and may be due to a lowering of K-O bond strength 

(Zeng et al., 2019) and/or faster diffusion of 39K than 41K to growing clays (Bourg et al., 2010) and 

preferential loss of 41K during desolvation of hydrated K (Hofmann et al., 2012). This supports 

the data from Izu arc sediments, where the volcaniclastic sediments as mentioned previously are 

also isotopically light and potentially most prone to secondary alteration (Parendo et al., 2022a). 

Overall, the ODP 801 sediments largely reflect K sourced from the continents during continental 

weathering and are isotopically similar to MORB, apart from the volcaniclastic unit which most 

likely reflects large amounts of diagenetic submarine K uptake during authigenic mineral growth, 



Chapter 6: Potassium isotopic compositions of Mariana arc lavas and sediment input: Indicator of slab derived components 

 - 314 - 

driving the isotopic composition of the samples and the bulk sediment composition to isotopically 

light values that may have a measurable influence the source composition of the Mariana arc lavas.  

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 7. Variations in tracers of  continental weathering, with ODP site 801 sediment 

samples plotted in the same symbols as Fig. 3. Small cross and plus symbols (panel 

c) are data from literature. Literature sediment data (small cross) are the samples 

from Hu et al. (2020) and the geochemical data is from Vervoort et al. (2011) and 

for the lesser Antilles arc sediments from site 543 and site 144 from Carpentier et 

al. (2008). Continental sediment data (small plus) is from Chen et al. (2020), 

Huang et al. (2020), and Teng et al. (2020). In panel a) a relationship between 

K2O and Rb is shown, defined by the concentrations in post Archean Australian shale 

(PAAS) (Taylor and McLennan, 1985). In panel b) PAAS range is shown as a solid 

thin grey line. Arrows indicating the vector that continental weathering and 

diagenesis drive compositions is shown. 

 

In summary, despite some variation AOC to compositions isotopically lighter and heavier than 

MORB in ẟ41K, we use the assumption that the ODP 801C supercomposite represents the best 

approximation of subducting AOC; with the supercomposite composition being slightly 

isotopically heavier than MORB at ẟ41K −0.32 ± 0.03 ‰. Subducting sediment is predominantly 

isotopically light, with the bulk composition being distinct from BSE at ẟ41K = −0.85 ± 0.045 ‰. 

The pelagic clays, chert & porcellanite and radiolarite & claystone unit are indistinguishable from 

MORB. The volcaniclastic unit reflects marine diagenetic processes such as the uptake of 
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isotopically light K from pore fluids during alteration and the formation of authigenic minerals in-

situ, making them distinct from BSE at ẟ41K = −1.3 ± 0.045 ‰.  

 

6.5.3 Two components in Mariana arc lava source – K systematics perspective 

 

Radiogenic isotopic compositions (e.g., Sr, Nd and Pb) have been used to distinguish between the 

different sedimentary components in the Mariana arc lava source (e.g., Elliott et al., 1997; 

Avanzinelli et al., 2012; Freymuth et al., 2015). Freymuth et al. (2015) show that on an array of 
208Pb/204Pb against 206Pb/204Pb, the Mariana arc lavas form a tight cluster that back-project through 

a Pacific MORB endmember with un-radiogenic Pb (Fig. 8). Subducting sediments plot at the 

high, radiogenic, end of the array, however the composition of the bulk sediment is too un-

radiogenic in 206Pb/204Pb to form a mixing array with the arc lavas and a likely un-radiogenic source 

composition. However, volcaniclastic sediments are the most radiogenic in 208Pb/204Pb and 
206Pb/204Pb and do fall on a trend line defined by the Mariana arc lavas, indicating their potential 

as a sedimentary component in the arc lavas (Fig. 8). It is also possible that a mix of the bulk 

sediment component with the enriched and radiogenic 206Pb/204Pb altered oceanic crust, would 

also fall on the trend line at the high-end radiogenic composition. We calculate that a mix of 23 % 

AOC and 77 % bulk sediment would also satisfy to a first degree as an enriched radiogenic Pb 

isotope end member composition (Fig. 8). 

 

That a best fit line through the Mariana arc lavas project through a Pacific MORB Pb isotopic 

composition can inform us on the source of Pb, which we can extend to other fluid mobile 

elements such as K. It is inferred that the unaltered subducting oceanic crust to the Mariana arc 

has a typical Pacific MORB composition, while the sub-arc mantle below the Mariana arc has an 

typical Indian MORB isotopic composition (Pearce et al., 1999). Therefore, the Pb, and by 

inference the K, in the Mariana arc lavas is dominantly sourced from the subducting slab. Lead 

isotopic systematics are also inconsistent with a fluid component coming from the most altered 

upper part of oceanic crust (Avanzinelli et al., 2012). The Pb isotope systematics are therefore 

consistent with their derivation dominantly from the lower, less altered part of the subducted 

oceanic crust. An aqueous fluid component that samples Pb throughout the subducting slab is 

likely sourced from the base of the subducting slab, such as through the dehydration of 

serpentinites (e.g., Ulmer and Trommsdorff, 1995; Deschamps et al., 2013; Spandler and Pirard, 

2013). This also satisfies constraints from redox sensitive elements such as Mo and W measured 
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in the Mariana arc lavas and eclogites, that show the case for oxidising slab fluids derived from 

serpentinite dehydration (e.g., Chen et al., 2019b; Stubbs et al., 2022). 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 8. Re-created and modified from Freymuth et al. (2015). Array of  Pacific MORB 

and Indian MORB (Stracke, 2012 supplementary table 1) in 208Pb/204Pb vs. 
206Pb/204Pb space, with Mariana arc lava and ODP 801 sediment and AOC plotted 

(lead isotope data from Freymuth et al., 2015). Symbols are the same as in Fig. 3, 

note that unit 4/5 plots in the same position as the bulk sediment. A regression line 

is shown for the Mariana arc lavas. A mixing line between AOC and bulk sediment is 

calculated and the mixture that intercepts the Mariana arc lava regression line is 

shown as an orange triangle.  

 

Mixing lines in Th/K ratio versus ẟ41K space between a depleted MORB mantle composition from 

Salters and Stracke (2004) and K isotopic composition of MORB (to represent the depleted 

MORB mantle) from Tuller-Ross et al. (2019b) mixed with a volcaniclastic sediment component 

or bulk sediment-AOC slab mixed composition form linear arrays. These lines however extend in 

the wrong direction isotopically to generate the arc lavas composition (Fig. 9). Pure volcaniclastic 

sediment addition or sediment-AOC mix is too isotopically light to explain isotopically heavy ẟ41K 

compositions of the Mariana arc lavas. A component added to the depleted MORB mantle that 

has a sufficiently low Th/K ratio (high K/Th ratio) and that is isotopically heavy in K, i.e., ẟ41K > 

−0.2 ‰ is needed to form a mixing line that passes through the Mariana arc lavas. 



Chapter 6: Potassium isotopic compositions of Mariana arc lavas and sediment input: Indicator of slab derived components 

 - 317 - 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 9. Binary mixing lines between a depleted MORB mantle and a volcanic lastic or 

bulk sediment-AMOC mix in Th/K vs. ẟ41K space. 

 

6.5.4 Model for the generation of Mariana arc lavas – Involving dehydration aqueous fluid  

 

Given the need for an isotopically heavy K enriched component in the Mariana arc lava source we 

invoke an aqueous oxidised fluid from the dehydration of serpentinites at the base of the 

subducting slab. The fluid flows through reactive channelised flow that samples the whole oceanic 

crust and leaches fluid mobile elements (Ulmer and Trommsdorff, 1995; Peacock, 2001; Spandler 

et al., 2011; van Keken et al., 2011; Freymuth et al., 2015, 2016b; Chen et al., 2019b; Freymuth et 

al., 2019; Klaver et al., 2020; Stubbs et al., 2022). In subducting slabs K will dominantly be hosted 

within phengite (K2O up to 11 wt. %) and amphibole (K2O up to 0.2 wt. %) (Liu et al., 2020). As 

discussed previously, in partitioning between a fluid and solid phase the light 39K isotope is 

preferentially retained in the solid, while isotopically heavy 41K is released to the fluid, as seen in 

continental weathering processes (Li et al., 2019a; Chen et al., 2020; Hu et al., 2020; Huang et al., 

2020; Teng et al., 2020). Heavy isotopes are preferred in phases with stronger bonds and lower 

coordination numbers (Schauble, 2004). In aqueous solutions K has the potential to be in a lower 

coordination number, 6 ± 2, than in clays and potential hosts for K in subducting slabs. The main 

K hosts in subducting slabs, phengite, omphacite and amphibole host K in coordination number 

6, 7 to 8 and 8 respectively (Huebner and Papike, 1970; Hawthorne and Calvo, 1977; Li et al., 

2019c), indicating they prefer light K isotopes relative to an aqueous fluid. Therefore, there is the 

potential for isotopic fractionation during dehydration of a subducting slab with residual phengite 
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and amphibole, where 41K will be enriched in the fluid, making it isotopically heavy and the residual 

isotopically light.  

 

In a study of the exhumed Sumdo eclogites from Tibet, Liu et al. (2020) report extremely light K 

isotopic compositions ranging from ẟ41K −1.64 to −0.24 ‰ that correlate positively with K2O 

concentrations and K/Nb ratios indicating the potential for slab dehydration to create solid 

residues (eclogites) that are depleted in K and enriched in isotopically light K isotopes. Liu et al. 

(2020) use a Rayleigh fractionation model to de-hydrate a subducting slab with an assumed starting 

K composition similar to altered MORB, e.g., ophiolite samples from Parendo et al. (2017) (Fig. 

1). Compositions in their model range from K 1000 to 10000 ug g−1 and ẟ41K from −0.43 to −0.1 

‰, to produce a residual slab that approximates the compositions of the Sumdo eclogite samples. 

Results of Liu et al. (2020) show a continuous decrease in the K concentration (down to ~ 535 ug 

g−1) and ẟ41K value of the residual slab after dehydration, equivalent to a loss of ~ 49 % of the K 

budget and a lowering of ẟ41K by 0.94 ‰. Complementary to the residual slab, the modelled 

released fluid composition has high K concentrations up to ~ 38000 ug g−1 and high ẟ41K up to 

1.37 ‰. The Sumdo eclogites have been shown to represent the metamorphic product of low 

temperature AOC, therefore Liu et al. (2020) use AOC compositions as a starting point for slab 

dehydration. However, the data available at the time of the study e.g., that from Parendo et al. 

(2017) for K alteration in oceanic crust is based on the Bay of Islands ophiolite (Fig. 1); since then 

a more comprehensive study for the K concentration and composition of subducting AOC, i.e., 

ODP 801C is available (Hu et al., 2020) (Fig. 1). Secondly, as discussed, Pb isotopic constraints 

from the Mariana arc suggest that an aqueous fluid component samples the unaltered oceanic crust 

dominantly rather than AOC (Avanzinelli et al., 2012).  

 

Therefore, in this study, the dehydration of a subducting slab is used to model the K concentration 

and isotopic composition of an aqueous fluid that is added to the Mariana sub-arc depleted MORB 

mantle. For a starting subducting slab K concentration and ẟ41K composition a mass balance 

between AOC and unaltered N-MORB is used. The AOC is estimated for the upper 500 m of the 

oceanic crust using the ODP 801C supercomposite from Hu et al. (2020), which is the AOC that 

subducts below the Mariana islands. The unaltered N-MORB composition, from Gale et al. (2013), 

is estimated for the  lower 5500 m. It is assumed that the K in the arc-fluid phase is sourced from 

the whole 6000 m thick oceanic crust, not just the upper most altered parts. The formulation 

outlined in Chen et al. (2019b) and Stubbs et al. (2022) was followed, where the dehydrating fluid 

is modelled as an accumulating fluid subject to Rayleigh isotopic fractionation (full list of model 
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details is given in supplement 1). We model the behaviour of K between an aqueous fluid sourced 

from the dehydration of the subducting slab and residual slab with amphibole, omphacite and 

phengite as the hosts for residual K. We use modal abundances similar to those reported for the 

Sumdo eclogites from Liu et al. (2020). We also use solid-fluid partition coefficients, DK
Solid/Fluid, 

from Zack et al. (2001) and Liu et al. (2019a, 2020).  We however cannot find the source of 

partition coefficient derived for omphacite and use the value quoted in Liu et al. (2020); given its 

low value (0.002) and low relative K concentration ~ 0.01 wt. % it has little effect on the K budget. 

Full list of model parameters is given in tables S1-S5.  

 

The K concentration of a dehydration fluid is modelled against the concentration of a fluid 

immobile element that is also dominantly controlled by a few phases in the subducting slab. For 

this Nb was chosen, as its behaviour is dominantly controlled by rutile and has well constrained 

partitioning behaviour, using the RK200 800 °C 4 GPa experiment including rutile from Kessel et 

al. (2005) . Water content for the subducting slab of up to 6 wt. % was assumed (Schmidt and Poli, 

1998). The largest degree of freedom in the model is the fractionation factor to determine ẟ41K, 

⍺solid/fluid, between the solid residue and the dehydrating fluid. There is a lack of experimental data 

for K isotopic fractionation factors. Liu et al. (2020) use a ⍺solid-fluid value of 0.9985, based on the 

findings of large high-temperature fractionations, > 1 ‰ of K in igneous rocks associated with 

high fluid contents such as pegmatites (Morgan et al., 2018). This suggests the potential of large K 

fractionations even at high temperatures, such as those in subduction zones, when a fluid phase is 

present. However, Parendo et al. (2022b) use a ⍺solid-fluid value of 0.9996 to 0.9995 based on a best 

fit to data method to generate K isotopic compositions of arc lavas in the Izu arc; this is a much 

smaller fractionation factor than Liu et al. (2020) and potentially more realistic for high 

temperatures. Therefore, given the lack of K isotope fractionation data and potential for circular 

arguments when fixing fractionation factors to fit data, the models are run with the two 

fractionation factors, 0.9985 and 0.9996 and then compared to the data for discussion. 

 

Slab released fluids are mixed into to the Mariana arc depleted mantle source, which has been 

shown to be more depleted than the MORB mantle source (Woodhead et al., 1993; Elliott, 2003). 

Therefore, the Mariana depleted MORB mantle is modelled from a depleted MORB mantle 

composition from Salters and Stracke (2004) using an accumulating fractional non-modal melting 

model, using partition coefficients from Salters and Stracke (2004) and modal abundances and melt 

modes from Robinson et al. (1998), full details given in table S1. The Mariana mantle source is 

melted ~ 2 % following Elliott (2003) and Stubbs et al. (2022) and then the dehydrated slab fluid 
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is mixed into it and the final composition calculated via mass balance. The H2O contents of 

primary olivine hosted fluid inclusions in lavas from Guguan is well constrained around 3 to 4.5 

wt. % (Kelley et al., 2010). If the mantle source melts ~ 20 % (Kelley et al., 2010) and assuming 

all H2O goes into the accumulating melt, then the amounts of fluid mixed into the Mariana 

depleted MORB mantle source should be ~ 0.5 to 1 % (Stubbs et al., 2022). Therefore, we mix up 

to 0.5 to 1 % fluid into the arc lavas source and melt the final mixture by 20 % using an 

accumulating fractional melting non-modal equation to model Mariana arc lava compositions.  

 

Our preferred model is shown in figure 10 and other models in figure S2. Modelled vectors from 

fluid addition to depleted MORB mantle do not fit the Mariana arc lavas in terms of ẟ41K (Fig. 10 

and S2). Modelled released fluids extend from ẟ41K = −0.14 ‰ (⍺solid-fluid 0.9996, 1 % dehydrated 

slab (i.e., slab that has lost 1 wt. % water of the total 6 wt. % assumed starting composition) (Fig. 

S2a)) to +1.01 ‰ (⍺solid-fluid 0.9985, 6 % dehydrated slab (Fig. S2b)), which with 1 % added to the 

Mariana DMM can only re-create the isotopically heaviest arc lava from Pagan, Pag 3 ẟ41K = −0.18 

± 0.02 ‰, but fails to re-produce the isotopically lighter compositions from Agrigan, MM92 6 

ẟ41K = −0.31 ± 0.01 ‰. Due to the low concentrations in the Mariana DMM and high 

concentration of K in the released fluid, e.g., ~ 15500 to 20500 ug g−1 for 6 to 1 % dehydration, 

small amounts of fluid addition quickly dominant the K/Nb budget and K isotopic composition 

of the sub-arc mantle. Ratios of K/Nb in the Mariana arc lavas range from ~ 3800 to 6700 and 

can be re-created when over 0.5 % of the released fluid from 1 to 6 % dehydration of the slab is 

mixed into the Mariana DMM, with lavas from Uracas requiring smaller amounts of fluid added 

to their mantle source. We note however that a smaller fractionation factor, ⍺solid-fluid 0.9998, with 

released fluids from 1 to 6 % dehydration of the slab added into the Mariana DMM between 0.5 

to 1 % able to re-produce more of the Mariana arc lavas e.g., the samples from Guguan and Uracas 

and Pag 1 (Fig. S2d). The amount of K lost from the budget of the oceanic crust to the released 

fluid is 13 to 56 % for 1 to 6 % dehydration of the slab. However, the modelled fluid compositions 

are still too isotopically heavy to re-produce the lavas from Agrigan.  

 

Therefore, it is necessary to assess if the modelled released fluid compositions represent reasonable 

values. Our modelled released fluid compositions overlap with and extend the range of modelled 

released slab fluids from Liu et al. (2020), ẟ41K +0.13 to 1.37 ‰, used to re-create the Sumdo 

eclogite samples. This also agrees with the results of a study of peridotite xenoliths from an active 

arc volcano, Avacha, Kamachtaka, that have potentially undergone metasomatism from fluids in 

the sub-arc mantle have dominantly heavy K isotopic signatures in the range of ~ ẟ41K +0 to 1 ‰ 
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(Wang and Ionov, 2023). These therefore may represent the overprint of parts of sub-arc mantle 

with released isotopically heavy K fluids. We thus find the modelled released fluids to be of a 

reasonable composition.  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 10. Mixing model of  slab dehydration and sediment melting mixed into the 

Mariana depleted MORB mantle to create the Mariana arc lavas in K/Nb vs ẟ41K 

space. Details of  model and parameters used are given in supplement 1 and tables 

S1-S5. Blue lines represent a slab released fluid added to the Mariana DMM. Green 

lines represent a sediment component melt added to the f luid f luxed Mariana DMM, 

dotted line when 1 % of  an aqueous f luid is added, dashed line when 0.5 % of  an 

aqueous f luid is added. 
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6.5.5 Model for the generation of Mariana arc lavas – Residual subducting slab      

 

The residual slab that is left after dehydration becomes increasingly isotopically light in ẟ41K and 

extends to low K/Nb ratios with progressive fluid loss. If eclogites represent the exhumed residue 

of dehydrated subducting slabs, then they should fall on the trend of the dehydrating slab. To our 

knowledge the only set of eclogite samples with measured ẟ41K values are the Sumdo eclogite 

samples from Liu et al. (2020), that extend from ẟ41K −0.24 ± 0.05 to −1.64 ± 0.04 ‰ and K/Nb 

ratios from ~ 100 to 3500.  

 

Our modelled released fluid can re-create the positive correlation between ẟ41K and K/Nb seen 

in the Sumdo eclogites and does re-create some of the range of ẟ41K values, i.e., a progressively 

isotopically lighter dehydrated residue (Fig. 10 and S2). However, using the starting composition 

of a modelled whole oceanic crust (Fig. 10, S2a-d and table S4), cannot re-create the K/Nb ratios 

of the Sumdo eclogites for a slab dehydrated by 1 to 6 %. The model from Liu et al. (2020) to re-

create the Sumdo eclogites via slab dehydration uses a starting composition of AOC for the 

subducting slab, with K concentrations ranging from 1000 to 10000 ug g−1 (Liu et al., 2020 

supplements table S8), as the Sumdo eclogites are interpreted to reflect a  protolith of AOC (Liu 

et al., 2019b, 2019a). Using AOC from ODP 801C as the starting subducting slab composition 

(Table S4), the model can better re-produce the K/Nb ratios of the Sumdo eclogites for a 1 to 6 

% dehydrated fluid (Fig. S2e).  

 

However as discussed previously, using AOC as the source for the released fluid is not supported 

by previous research given Pb isotope data on the Mariana arc (Avanzinelli et al., 2012; Freymuth 

et al., 2015). The Sumdo eclogite samples extend to high K concentrations, ~ 400 to 20000 ug g−1, 

mean ~ 2700 ug g−1 and they also have relatively low Nb concentrations relative to N-MORB (Liu 

et al., 2019b) . The Sumdo eclogite samples range from Nb ~ 0.4 to extreme values such as 14.37 

ug g−1, with a mean of 2.19 ug g−1 and if we exclude two potentially anomalous samples at 7.32 

and 14.37 ug g−1, have a mean of 1.28 ug g−1, lower than the Nb concentration of N-MORB (3.62 

ug g−1) (Gale et al., 2013) and AOC ODP 801C supercomposite (2.89 ug g−1)(Kelley et al., 2003). 

Therefore, the Sumdo eclogites are potentially anomalously low in Nb resulting in high K/Nb 

ratios. The protolith being AOC also means starting K concentrations are higher resulting in high 

K/Nb ratios. These eclogite samples were also dated by Ar-Ar methods (Li et al., 2011, 2012) and 

may be biased for high K concentrations (easier to radiometrically date).  Eclogite samples from a 

range of locations reported in Becker et al. (2000) perhaps give a better overview of K/Nb 
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systematics in eclogites. These samples have K and Nb concentrations ranging from ~ 40 to 6000 

and 1 to 8 ug g−1 respectively with K/Nb ratios between 3 and 900. These compositions would 

more closely match our modelled dehydrated slab K/Nb ratios when starting from a whole oceanic 

crust composition. We therefore find our modelled released fluid composition and residual slab 

composition to be reasonable and thus there must be additional explanation for the K isotopic 

composition of the Mariana arc lavas.  

 

6.5.6 Model for the generation of Mariana arc lavas – Role of a sediment component  

 

As has been shown previously, the inter-island variation in the Mariana arc lavas are best explained 

by a two-slab component mixture of a near constant amount of aqueous fluid component with a 

variable amount of sediment component (Elliott et al., 1997; Elliott, 2003; Avanzinelli et al., 2012). 

We assess the effect of mixing a largely sediment derived component with the dehydrating slab 

released fluid and Mariana DMM. As discussed previously, Pb isotopic systematics suggest the 

Mariana arc lava array is perhaps best explained with a radiogenic (in Pb) end member that 

resembles the volcaniclastic unit in composition, or a mixture of sediment and AOC in a 77:23 

mix (called slab mixture henceforth) (Freymuth et al., 2015) (Fig. 8). Mixing in of an isotopically 

light sediment component to the fluid fluxed DMM would drive the isotopic composition in the 

correct direction to intercept the Mariana arc lavas (Fig. 10). However, the low K/Nb ratios in the 

volcaniclastics or slab mixture would lower the K/Nb ratios by too much to re-produce the arc 

lavas (Fig. 10 and S2). If, however, K and Nb were fractionated in the sediment component to 

high K/Nb ratios, mixtures could feasibly re-produce the arc lavas (Fig. 10). There has been a 

large amount of evidence to support the melting of subducting sediments in subduction zones 

(e.g., Skora and Blundy, 2010; Turner and Langmuir, 2022). There is a positive correlation between 

Th arc concentrations and Th content subducted; as sediments host the majority of subducted Th 

this suggests that Th in arcs is largely derived from sediments (Plank and Langmuir, 1993; Plank, 

2005, 2014). Also as Th is not fluid mobile, and there is a near constant Th enrichment in arcs 

relative to Nb, compared to Th/Nb in MORB that is near constant  (Turner and Langmuir, 2022), 

Th mobilisation from subducting sediments is needed; which could be achieved by sediment 

melting where residual rutile retains Nb, aiding to generate the negative Nb anomalies that are a 

distinct feature of volcanic arcs (Brenan et al., 1994; Elliott, 2003; Skora and Blundy, 2010). Also 

a growing body of work, particularly on Sr isotopic systematics and budgets in arc lavas (Klaver et 

al., 2020; Turner and Langmuir, 2022) suggest that Sr arc budgets require large fluxes from aqueous 

released fluids, the melting of sediment, and the melting of AOC. A fluid sourced from lithospheric 
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mantle of a subducting plate (e.g., from serpentinite breakdown) passes through the oceanic crust 

gaining necessary elemental and isotopic signatures, and is delivered to the overlying AOC and 

sedimentary cover, inducing wet partial melting of both (Klaver et al., 2020; Turner and Langmuir, 

2022), as the water saturated solidus of AOC is similar to sediment (Spandler and Pirard, 2013). 

 

We model a second slab component as a pure volcaniclastic melt and a sediment-AOC mix melt 

that equilibrates with the slab released fluid and is delivered as a single component to the Mariana 

DMM source of arc lavas, that then further melts by ~ 20 %. We note that the order of processes 

does not matter for our models as the output is the same, i.e., mix the fluid with the DMM then 

add the sediment melt, or mix the fluid and sediment melt, and then add them to the DMM. We 

choose to show it as a fluid added to the DMM and then sediment melt component added, 

followed by melting the whole mixture, to highlight the trajectories that each component drives 

the mantle source of the arc magmas. We use the bulk partition coefficients from Martindale et al. 

(2013); experiment vc4 at 3 GPa and 850 °C based on the melting of a volcaniclastic sediment 

sample from the ODP 801 sediments and use data provided for Nb between glass and solid and 

calculate one for K. Niobium has a Dsediment/melt under these conditions of 12.8, reflecting its 

retention in residual rutile, while K (Dsediment/melt 0.605) is strongly enriched in the melt along with 

other incompatible elements such as Rb and Cs (Martindale et al., 2013). This creates a large K/Nb 

fractionation, increasing the K/Nb ratio from ~ 570 to ~ 12000 (Fig. 10). Given the high loss of 

K from sediment to melt, due to its incompatible nature, the high temperature of melting and the 

apparently limited K isotopic fractionation during mantle melting, we assume an isotopic 

fractionation factor of unity for sediment melting in terms of ẟ41K. We use a melt fraction of 1 % 

for the sediment end member component. We also make the assumption of using the same 

Dsediment/melt partition coefficients for sediment-AOC mix melting as rutile should still be the main 

residual phase controlling Nb partitioning, K is still highly incompatible (assuming no phengite), 

and given that sediments dominate the sediment-AOC mix (Freymuth et al., 2015, 2019) any 

control of AOC melting with different partitioning to the sediment should be of secondary 

importance and have little control on results.  

 

Results for both models of sediment component, volcaniclastic or sediment-AOC mix added to a 

fluid fluxed Mariana DMM can reproduce the Mariana arc lavas (Fig. 10 and S2). Model results are 

shown with a 1 % sediment endmember melt added to a fluid released from a slab dehydrated by 

1 and 6 %, and then mixed with the Mariana DMM in 0.5 and 1 % proportions (Fig. 10 and S2). 

These mixing trajectories bracket all the Mariana arc lavas and thus can represent upper and lower 
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bounds of sediment and fluid addition to the Mariana DMM needed to generate the arc lavas, 

therefore, even if a sample does not fall on a mixing trajectory shown should fall on a line between 

these bounds.  

 

In the case of a volcaniclastic sediment end member, with an ⍺solid-fluid 0.9996 fractionation factor, 

lavas from Pagan and Gug 3 can be explained by a 1 % mix into the DMM of a slab dehydrated 

by 1 %, with just over 0.1 % volcaniclastic sediment melt added (Fig. S2a), while lavas from 

Agrigan require slightly more sediment added to the mantle source (~ 0.2 %). The lavas from 

Uracas also require small amounts of sediment addition ~ 0.1 to 0.2 %, but importantly to a 

Mariana DMM with a less concentrated (i.e., slab dehydrated by 6 %) or lower mix of (i.e., 0.5 % 

mix into Mariana DMM of slab dehydrated by 1 %) released fluid into their mantle source (Fig. 10 

and S2). In the case of a larger isotopic fractionation factor between solid and fluid, ⍺solid-fluid 0.9985, 

the arc lavas are still reproduced, but a larger sediment fraction, up to 0.5 % is needed (Fig. S2b, 

c). If the sediment end member is a sediment-AOC mix melt, then most of the trends described 

above still hold true (Fig. 10 and S2c). With a fractionation factor between solid and fluid of ⍺solid-

fluid 0.9996, the arc lavas are again reproduced, with again Agrigan requiring slightly more sediment 

and Uracas slightly less fluid added to the mantle source. However, for the larger fractionation 

between solid and fluid, ⍺solid-fluid 0.9985, the lavas from Uracas and Gug 6 are not reproduced with 

the trajectories plotted (Fig. S2c), but with an even lower amount of released fluid (< 0.5 %) added 

to the Mariana DMM the compositions could be re-produced. Therefore, in most cases the 

Mariana arc lavas can be reproduced in terms of K isotopic composition, ẟ41K and K/Nb ratio 

with the addition of an aqueous fluid from the dehydration of a subducting slab mixed into the 

Mariana depleted mantle between 0.5 to 1 %, with an additional sediment melt mixed in up to 0.5 

% (Fig. 10 and S2). We note that our model is relatively insensitive to the fraction of sediment 

melting, in the case of ⍺solid-fluid 0.9996 fractionation factor, sediment end member melt fractions 

from < 1 to 70 % can reproduce the Mariana arc lavas with no significant change in results already 

described. Lavas from Guguan and Pagan have a larger influence from a fluid component or less 

influence from a sediment component as seen in the Pagan samples. This may reflect some 

variability in the ẟ41K composition of the fluid component, i.e., Pagan may be affected by slightly 

more K rich fluids (Fig. 10a), Lavas from Agrigan and Uracas are still affected by fluids, but either 

to a smaller degree and or a larger influence of sediment on the source composition (Fig. 10).  
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6.5.7 Model for the generation of Mariana arc lavas – Nature of the sediment component  

 

Our modelling results do not discern whether the sediment component is a volcaniclastic sediment 

or a mix of bulk sediment and AOC. This is due to the similar K/Nb ratio of the volcaniclastic, 

and the bulk sediment-AOC mix (Table S4) Given the large difference in ẟ41K between the 

volcaniclastic and bulk-sediment AOC mix, K systematics should be able to discern between the 

potential sediment components. Therefore, we model the K isotopic composition with the 

radiogenic Nd, 143Nd/144Nd composition, which also shows a large difference between sediment 

components (Elliott et al., 1997). Mariana arc lavas are all relatively radiogenic in Nd, 143Nd/144Nd 

> ~ 0.51290, with the sediment poor islands being slightly more radiogenic than the sediment rich 

islands (Fig. 11 and S3). Sediment components are un-radiogenic in Nd and there is a relatively 

large difference between the volcaniclastic and bulk sediment-AOC mix, 0.5128 and 0.5126 

respectively (Fig. S3). We use the same modelling approach as previous and parameters used are 

in tables S1-S5. The Mariana DMM Nd isotopic composition is from Woodhead et al. (2012). For 

the Nd isotopic composition of the released fluid we use the Nd isotopic composition of the 

subducting slab, where the MORB composition is from Gale et al. (2013) and AOC from Kelley 

et al. (2003), i.e. we assume no isotopic fractionation between the released fluid and solid residue 

in Nd isotopes. Experimental data for element partitioning data between eclogite and fluid from 

Kessel et al. (2005) is used for the elemental partitioning of Nd.  

 

Our preferred model is shown in figure 11 and other models in figure S3. Our model results (Fig. 

11 and S3) show that the Nd and K isotopic compositions of the Mariana arc lavas can be 

reproduced with the addition a sediment component, but determining the exact composition of 

the sediment component is dependent on the ẟ41K fractionation factor between solid and fluid for 

the released fluid. With a smaller ⍺solid-fluid 0.9996 fractionation factor, the volcaniclastic component 

is too radiogenic in Nd to reproduce the arc lavas (Fig. S3a). The bulk-sediment-AOC mix however 

does reproduce the arc lavas, with the sediment poor islands, e.g., Guguan, requiring less sediment, 

and the sediment rich islands, e.g., Uracas and Agrigan requiring more sediment (Fig. 11). With 

the larger fractionation factor, ⍺solid-fluid 0.9985, however the reverse is true, with the bulk sediment-

AOC mix being too un-radiogenic in Nd to reproduce the arc lavas, when 0.5 to 1 % of the released 

fluid is mixed into the DMM (Fig. S3b). When the volcaniclastic component is used as the 

endmember however the arc lavas do fall on the trend lines, but only at high values of sediment 

addition, > ~ 1 %, to the fluid fluxed DMM, for the sediment rich Agrigan and Uracas (Fig. S3c). 

High values of sediment addition are not in agreement with other studies such as Avanzinelli et al. 
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(2012), where only ~ 0.2 % of a volcaniclastic sediment melt is needed to re-create the arc lavas in 

terms of the Pb and Sr isotopic composition. Therefore, our models would suggest that the 

sediment component endmember is a mix between the bulk-sediment and AOC, and that the 

fractionation factor between a solid residue and fluid is small for ẟ41K, ~ 0.9996. A smaller 

fractionation factor may be reasonable, as the weighted average of the eclogite samples from Liu 

et al. (2020) is ẟ41K −0.56 ‰, which is better reproduced with a smaller fractionation factor (Fig. 

10) while the larger fractionation factor quickly overshoots this composition with even a 1 % 

dehydrated slab (Fig. S2c).  

 

Therefore, in our preferred model for the formation of the Mariana arc lavas from a K isotopic 

perspective (Fig. 10, Fig. 11), serpentinites underlying a subducting slab dehydrate releasing an 

oxidising fluid that passes through the overlying oceanic crust leaching fluid mobile elements, with 

associated isotopic fractionation. This aqueous fluid is delivered to the top of the slab where 

sediment and AOC melting is induced, with the whole package delivered to the overlying sub-arc 

mantle wedge as a metasomatic component. These results are consistent with those from redox 

sensitive elements such as Mo and W that require an aqueous fluid to explain lavas from Guguan 

(Stubbs et al., 2022) and a sediment melt to explain lavas from Agrigan (Freymuth et al., 2015). 

They are also in agreement with those that suggest that sediment and AOC melt in subduction 

zones (e.g., Freymuth et al., 2019; Klaver et al., 2020; Villalobos-Orchard et al., 2020; Turner and 

Langmuir, 2022). They also agree with those from Avanzinelli et al. (2012) where fluid fluxed 

mantle wedge (0.5 % fluid added), only needs ~ 0.1 to 0.2 % of a sediment component to re-create 

the arc lavas, however, they suggest that a volcaniclastic partial melt (25 % melt) recreates the 

Mariana arc lavas in terms of 206Pb/204Pb versus 87Sr/86Sr. Therefore, while our preferred model is 

for a bulk-sediment AOC mix endmember for the sediment component, we note it strongly 

depends on the fractionation factor between a solid and aqueous fluid for ẟ41K in subduction zone 

settings. While we have argued for our favoured value, of ⍺solid-fluid = 0.9996, experimental data on 

K isotopic fractionation is needed to further justify or refute our choice. The K isotopic system 

has the potential to identify the sediment component in the Mariana arc lavas, and we reason for 

a bulk-sediment AOC mix as the sediment component in the Mariana arc lava source.  

 

Results are also in line with K systematics from the Izu arc (Parendo et al., 2022b) where a slab 

released fluid from MORB and sediment is cited to generate a isotopically heavy K source to 

explain arc lava systematics. This suggests that the release of isotopically heavy K to island arc 

volcanoes may be ubiquitous and thus the delivery of isotopically light K, from sediments and 
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subducting slab residues to the mantle opens the potential for K to trace crustal recycling 

processes. Indeed it has been proposed that a set of continental lavas from NE China reflect the 

addition of isotopically light K to their mantle source, from the addition of subducted sediment 

(Sun et al., 2020). However as of yet there is no distinguishable isotopic offset between MORB 

and OIB (Tuller-Ross et al., 2019b), potentially indicating that the mantle is well mixed in terms 

of K, or any heterogeneity is hidden by current analytical precision. Therefore, more work is 

needed to expand on the usefulness of K as a tracer of crustal recycling. 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 11. Mixing model of  slab dehydration and sediment melting mixed into the 

Mariana depleted MORB mantle to re-create the Mariana arc lavas in 143Nd/144Nd vs. 

ẟ41K space. Details of  model and parameters used are given in supplements 1 and 

tables S1-5. Blue lines represent a slab dehydrating f luid added to the Mariana DMM. 

Green lines represent a sediment component melt added to the f luid f luxed Mariana 

DMM, dotted line when 1 % of  an aqueous f luid is added, dashed line when 0.5 % 

of  an aqueous f luid is added. 
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6.6 Conclusions 
 

We have presented high precision stable K isotope measurements on a set of well characterised 

volcanic arc lavas from the Mariana arc, along with a selection of sediment samples from ODP 

site 801 that represent the subducting sediments at the Mariana trench.  

 

The Mariana arc lavas are all isotopically heavier than MORB, and form a relatively narrow range 

in ẟ41K, but show slight positive correlations with tracers of an aqueous fluid addition from a 

dehydrating subducting slab, enriched in elements such as Ba and K. This indicates that heavier K 

isotopic compositions are associated with a released slab fluid, in agreement with K isotope 

systematics on other volcanic arcs, e.g., lesser Antilles arc (Hu et al., 2021a) and Izu arc (Parendo 

et al., 2022b), and data on eclogites that imply the loss of isotopically heavy K in fluids from 

subducting slabs (Liu et al., 2020). Our sediment data span a range in ẟ41K, but most samples 

overlap with MORB, apart from volcaniclastic samples and our estimate for the bulk sediment 

composition (dominated by volcaniclastics). Sediment characteristics agree with a study of global 

sediment data (Hu et al., 2020) that reflect the removal of isotopically heavy K to the hydrosphere, 

driving weathered residues to isotopically light values, and marine diagenetic processes, that result 

in extremely light K isotopic values from the uptake of isotopically light K during the formation 

authigenic minerals.  

 

Modelling of slab released fluids mixed into the Mariana depleted MORB mantle shows that the 

composition of the arc lavas cannot be reproduced with just an aqueous fluid, and the addition of 

an isotopically light sedimentary component is also needed. The K/Nb ratios of arc lavas requires 

that the sediment component is a melt with residual rutile. Our preferred models also suggests, 

from a 143Nd/144Nd perspective, that the source of the sediment melt is a bulk sediment – AOC 

mix in agreement with other studies (Klaver et al., 2020; Turner and Langmuir, 2022). Models 

show that ~ 0.5 to 1 % of a released aqueous fluid, containing up to 56 % of the K slab budget 

(ẟ41K ~ 0 ‰), mixed into the Mariana DMM, along with a small amount, 0.1 to 0.5 % of a sediment 

component melt is sufficient to create the isotopically heavy K composition and high K/Nb ratios 

seen in the Mariana arc lavas. Further work on K isotopic fractionation factors during aqueous 

fluid release and sediment melting is needed to better constrain our models. Our models of K in 

the arc lavas also re-produce the inter-island chemical variations seen in the Mariana arc. Lavas 

from the fluid dominated Guguan island require the least sediment, and those from the sediment 

dominated Uracas and Agrigan require the least fluid or most sediment respectively.  
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6.8 Supplementary information 
 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. S1. Variations of  K/Th and ẟ41/39K with indices of  magma differentiation, SiO2 

and MgO for the full set of  Mariana arc lavas from Elliott et al. (1997). There are 

no c lear variations with the degree of  magma differentiation.  
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As mentioned in the main text we model the dehydration of a subducting slab, forming an aqueous 

fluid and leaving an eclogite solid residue. We follow the formulation of Chen et al. (2019) and 

Stubbs et al. (2022); what follows is an outline of the formulation that can be applied to any element 

and associated isotopic composition.  

 

The release of an aqueous fluid is modelled as an equilibrium fractional process, and the fluid is 

modelled as an accumulating fluid subject to Rayleigh isotopic fractionation.  

 

The concentration of an element in the accumulating fluid, 𝐶! , is: 

 

𝐶! =	
𝐶"#$%#&'()*	"!,$

𝐹,
× (1 − (1 − 𝐹,)

-
.!-	(1) 

 

 

Where, 𝐶"#$%#&'()*	"!,$, is the concentration of the element in the subducting slab, which is 

calculated from the concentration in altered mafic oceanic curst (Kelley et al., 2003) that is 500 m 

thick and unaltered oceanic crust (N-MORB (Gale et al., 2013)) that is 5500 m thick. 𝐹, is the mass 

fraction of aqueous fluid and 𝐷, is the bulk partition coefficient between the solid eclogite and 

aqueous fluid, values used for elements modelled is given in table S2, along with the source.  

 

For K the bulk partition coefficient is calculated from an average modal abundance from Liu et al. 

(2020) for the proportions of omphacite, amphibole and phengite, 10 %, 20 % and 1 % 

respectively. Individual partition coefficients for the minerals are from Zack et al. (2001) and Liu 

et al. (2020). For Nb and Nd the bulk partition coefficient from the RK200 800 °C 4 Gpa 

experiment of Kessel et al. (2005) is used, for Nb we use the experiment including rutile which has 

a dominant control over Nb. 

 

The concentration in the residual solid, 𝐶", is then: 

 

𝐶" =	𝐶"#$%#&'()*	"!,$ × (1 − 𝐹,)
-
.!
/-	(2) 

 

The mass fraction of the element in the residual solid, 𝑓", is: 
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𝑓" =	 (1 − 𝐹,) ×
𝐶"

𝐶"#$%#&'()*	"!,$
	(3) 

 

The mass fraction of the element in the accumulating fluid, 𝑓! , is then: 

 

𝑓! = 	1 − 𝑓"	(4) 
 

 

For the isotopic composition of the accumulating fluid, 𝛿! , using ẟ notation and units of ‰, the 

composition is: 

 

𝛿! =	
𝛿"#$%#&'()*	"!,$ + 1000

𝑓!
× (1 − (1 − 𝑓!)

-
0- − 1000	(5) 

 

 

Where 𝛼 is the isotopic fractionation factor between solid and fluid. 

 

The isotopic composition of the residual solid eclogite, 𝛿", is: 

 

𝛿" =	𝛿"#$%#&'()*	"!,$ + 1000 × (1 − 𝑓!)
-
0/- − 1000	(6) 

 

 

Now we mix the accumulated dehydrated fluid into the depleted Mariana depleted MORB mantle 

at various mass fractions and calculate the composition, 𝐶1(2, via mass balance: 

 

𝐶1(2 =	 (𝐶! × 𝐹$) + 𝐶3.33 × (1 − 𝐹$)	(7) 
 

Where 𝐹$ is the mass fraction of aqueous fluid in the mixture, and 𝐶3.33 is the composition of 

the element in the Mariana depleted MORB mantle. Research has shown the Mariana depleted 

MORB mantle has been depleted by a prior melt extraction event (Woodhead et al., 1993). 

Therefore, to determine the composition of elements in the Mariana depleted MORB mantle we 

deplete a MORB source composition mantle from Salters and Stracke (2004) by 2 % using an 

accumulating fractional non-modal melting model. We use a porosity of 0.5 % in our calculations, 
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mineral partition coefficients are the 2 GPa values from Salters and Stracke (2004) and modes and 

melt modes are those from Robinson et al. (1998); a full list of parameters is given in table S1.  

 

The concentration of an element in the Mariana depleted MORB mantle, 𝐶3.33 , is: 

 

𝐶3.33 = 𝐶.33 × :
1

1 − 𝐹&
; × <1 − 𝑃 :

1
𝐷4
;>

-
5/-

	(8) 

 

Where 𝐶.33 is the concentration of the element in the depleted MORB mantle from Salters and 

Stracke (2004), 𝐹& is the degree of melting, 𝑃 is the bulk partition coefficient in the melt and 𝐷4 

the bulk partition coefficient for the solid in normal mantle melting. 

 

The isotopic composition of the mixture, 𝛿1(2, is then: 

 

𝛿1(2 =	
𝛿! × 𝐹$ × 𝐶! + 𝛿3.33 × (1 − 𝐹$) × 𝐶3.33

𝐹$ × 𝐶! + (1 − 𝐹$) × 𝐶3.33
	(9) 

  

Where 𝛿3.33 , is the isotopic composition of the Mariana depleted MORB mantle, which for K 

is the BSE composition from Tuller-Ross et al. (2019b) and Nd the Mariana sub-arc mantle 

composition from Woodhead et al. (2012).  

 

Finally, to calculate the concentration of elements in Mariana arc lavas, 𝐶16!', the mixture is melted 

by some degree, 𝐹., which for the Mariana arc lavas is taken to be 20 % (Kelley et al., 2010). We 

use an accumulating non-modal melting model, again using a porosity of 0.5 % in our calculations, 

mineral partition coefficients are the 2 GPa values from Salters and Stracke (2004) and modes and 

melt modes are those from Robinson et al. (1998); a full list of parameters is given in table S1.  

 

𝐶16!' = 𝐶1(2 × :
1
𝐹.
; × A1 − <1 − 𝑃 × :

𝐹.
𝐷4
;>

-
5

B	(10) 
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We apply these equations to first calculate the composition of arc lavas that have only had an 

aqueous fluid added to the mixture. We then use an accumulating fractional melting model to melt 

a sediment component that is then mixed into the aqueous fluid fluxed depleted Mariana MORB 

mantle using equations (7) and (9), by replacing the values of the accumulating fluid with those for 

the sediment component, and those for the depleted Mariana MORB mantle with those for the 

aqueous fluid fluxed depleted Mariana MORB mantle, before the final melting stage, equation (10).  

 

The concentration of elements in the sediment component melt, 𝐶"6%	16!', is: 

 

𝐶"6%	16!' = 𝐶"6%(16)' × :
1
𝐷"
; × (1 − 𝐹)

-
." 	(11) 

 

Where 𝐶"6%(16)' is the concentration of the element in the sediment component, either the 

volcaniclastic component or the bulk-sediment AMOC mix in our model cases, and 𝐷", is the bulk 

partition coefficient, between sediment and melt, for sediment melting using the volcaniclastic 

component values from Martindale et al. (2013) experiment vc4 at 3 GPa and 850 °C. We assume 

that partition coefficients for the bulk sediment AOC mix melt is the same for reasons listed in 

the main text.  
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 Olivine Orthopyroxene Clinopyroxene Dbulk Pbulk 

DKmin/melt 0.00002a 0.0001a 0.001a 0.0052 0.0056 

DNbmin/melt 0.0005a 0.004a 0.015a 0.0087 0.0160 

DNdmin/melt 0.00042a 0.012a 0.088a 0.0226 0.0633 

Modal abundance % 0.615b 0.2b 0.17b   

Melt mode % −0.19b 0.61b 0.58b   

porosity % 0.005     

Table S1. Mineral melt partition coefficients, modal abundances and melt modes 

used in mantle melting calculations.  

 

 

 Omphacite Amphibole Phengite Dbulk 

DKsolid/fluid 0.002c 0.14d 4.7d 0.08 

DNbsolid/fluid    5.55e 

DNdsolid/fluid    6.85e 

Modal abundance 

% 
0.1c 0.2c 0.01c  

Table S2. Mineral solid f luid partition coefficients used in calculating elemental 

fractionation between an aqueous f luid being released via dehydration of  a 

subducting slab and the residual eclogite. 

 

 Dbulk 

DKsediment/melt 0.605f 

DNbsediment/melt 12.8f 

DNdsediment/melt 0.909f 

Table S3. Sediment melt partition coefficients used in the calculation of  sediment 

melting 
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K 

(ug g−1) 

ẟ41K 

(‰) 

Nb 

(ug g−1) 

Nd 

(ug g−1) 
143Nd/144Nd 

N-MORB 1328g −0.44h 3.62g 10.66g 0.51308g 

AMOC – 801C 

Supercomposite 
5230i −0.32j 2.89i 4.58i 0.51314i 

Subducting slab 1653 −0.41 3.56 10.15 0.51309 

Depleted MORB mantle 60a −0.43h 0.21a 0.71a 0.51312k 

Mariana DMM 1.28 −0.43h 0.02 0.31 0.51312k 

Unit 3 – Volcaniclastic 13448l −1.40 23.70l 20.00l 0.51280l 

Bulk sediment 10053l −0.85 12.60l 21.00l 0.51250l 

Bulk sediment (77 %) – 

AOC (23 %) mix 
8944 −0.78 10.37 18.77 0.51259 

Table S4. Compositions used in the mixing and melting models to make the Mariana 

arc lavas, for the subducting slab compositions are calculated as a mass balance 

between a 500 m thick altered oceanic crust and 6000 m thick N-OMRB oceanic 

crust. 

 

 Value 

Water in Oceanic crust (wt. %) 6m 

Depleted MORB mantle melting degree (%) 2n 

Mariana DMM melting degree (%) 20o 

Sediment component melting degree (%) 1 

⍺K solid-fluid 0.9996 / 0.9985 

Table S5. Other parameters used in the mixing and melting model to make the 

Mariana arc lavas. 
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a - Salters and Stracke (2004) - Partition coefficients from 2 GPa data, depleted MORB mantle 

composition. 

b - Robinson et al. (1998) - Modal abundances and melt modes for mantle melting. 

c - Liu et al. (2020) - Partition coefficient used for omphacite between an aqueous fluid and 

eclogite, note we cannot find where they take this number from, and average modal abundances 

for an eclogite with omphacite, amphibole and phengite. 

d - Zack et al. (2001) - Partition coefficient data for K between amphibole and fluid and phengite 

and fluid. 

e - Kessel et al. (2005) - RK200 800 °C 4 GPa experiment for partitioning between an eclogite and 

fluid, for Nb use experiment including rutile. 

f - Martindale et al. (2013) - vc4 at 3 GPa and 850 °C experiment for partitioning between a 

sediment and melt. 

g - Gale et al. (2013) - N-MORB composition. 

h - Tuller-Ross et al. (2019b) - Potassium isotopic compositions. 

i - Kelley et al. (2003) - Composition of the 801C AOC supercomposite sample. 

j - Hu et al. (2020) - Potassium isotopic composition of 801C AOC supercomposite. 

k - Woodhead et al. (2012) - Neodymium isotopic composition of Mariana sub-arc mantle. 

l - Elliott et al. (1997) - Composition of sediment components. 

m - Schmidt and Poli (1998) - Water content in subducting oceanic crust. 

n - Stubbs et al. (2022) - Amount to deplete Mariana depleted MORB mantle. 

o - Kelley et al. (2010) - Amount to melt Mariana mantle to make arc lavas. 
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Fig. S2. Mixing models of  slab dehydration and sediment melting mixed into the 

Mariana depleted MORB mantle to create the Mariana arc lavas in K/Nb vs ẟ41/39K 

space. Details of  models and parameters used are given in supplements 1 and tables 

S1-S5. Blue lines represent a slab released aqueous f luid added to the Mariana 

DMM. Green lines represent a sediment component melt added to the f luid f luxed 

Mariana DMM, dotted line when 1 % of  an aqueous fluid is added, dashed line when 

0.5 % of  an aqueous f luid is added. a – An ⍺so l id - f l u id  fractionation factor of  0.9996 

and a volcanic lastic sediment component. b – An ⍺so l id - f l u id  fractionation factor of  

0.9985 and a volcanic lastic sediment component. c – An ⍺so l id - f l u id  fractionation factor 

of  0.9985 and a bulk sediment – AOC mix sediment component. d – An ⍺so l id - f l u id  

fractionation factor of  0.9998 and a volcanic lastic sediment component. e – An ⍺so l id -

f l u id  fractionation factor of  0.9985, a volcanic lastic sediment component and an AOC 

starting composition for the subducting slab.  
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Fig. S3. Mixing models of  slab dehydration and sediment melting mixed into the 

Mariana depleted MORB mantle to create the Mariana arc lavas in 143Nd/144Nd vs. 

ẟ41K space. Details of  models and parameters used are given in supplements 1 and 

tables S1-5. Blue lines represent a slab released fluid added to the Mariana DMM. 

Green lines represent a sediment component melt added to the f luid f luxed Mariana 

DMM, dotted line when 1 % of  an aqueous f luid is added, dashed line when 0.5 % 

of  an aqueous f luid is added. a – An ⍺so l id - f l u id  fractionation factor of  0.9996 and a 

volcanic lastic sediment component. b – An ⍺so l id - f l u id  fractionation factor of  0.9985 

and a sediment – AOC mix sediment component. c – An ⍺so l id - f l u id  fractionation factor 

of  0.9985 and a volcanic lastic sediment component. 
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7.1 Introduction 
 

The Earth’s mantle is chemically and isotopically heterogeneous (e..g, Zindler and Hart, 1986; 

Hofmann, 1997). Mantle derived basalts, such as mid-ocean ridge basalts (MORB) and ocean 

island basalts (OIB) record this heterogeneity in elemental concentrations and isotopic ratios of 

various elements. Numerous geological processes may explain the heterogeneity but one such 

process, the recycling of oceanic crustal material (and associated continental derived sediments) 

has received prominent consideration (e.g., Chase, 1981; Hofmann and White, 1982).  

 

To understand how the recycling of crustal material can change the composition of the mantle, it 

is necessary to understand the processes that happen to oceanic crust throughout its lifetime, from 

the creation at mid-ocean ridges, alteration on the seafloor, processing in subduction zones and 

then its stirring back into the mantle. Some novel stable isotope systems have emerged as useful 

tracers of these processes. Recent work and work in this thesis has shown that uranium (U) 

(Andersen et al., 2015, In prep; Freymuth et al., 2019; Chapter 3, 4, 5), molybdenum (Mo) 

(Freymuth et al., 2015; König et al., 2016; Gaschnig et al., 2017; Chen et al., 2019, 2022; Villalobos-

Orchard et al., 2020; Hin et al., 2022; Chapter 5) and potassium (K) (Tuller-Ross et al., 2019; Hu 

et al., 2020, 2021; Liu et al., 2020; Parendo et al., 2022; Chapter 6) offer new opportunities to 

investigate the processes involved in crustal recycling.  

 

In particular Andersen et al. (2015) and Hin et al. (2022) have shown that U and Mo isotope ratios 

appear to record the influence of recycled oceanic crust in the depleted upper mantle source, in 

their super-chondritic (higher than bulk silicate Earth (BSE)) and sub-chondritic (lower than BSE)   

values respectively. Relatively large isotopic fractionations in K isotopes during subducting slab 

dehydration (Hu et al., 2021; Parendo et al., 2022; Chapter 6) give rise to the possibility of 

isotopically distinct K being mixed into the mantle, although no resolvable variations in MORB 

and OIB have been measured as of yet (Tuller-Ross et al., 2019). 

 

To further assess the utility U, Mo and K isotope ratios as tracers and to evaluate the potential 

influence of crustal recycling, simple mass balance box models can be used to quantify the 

composition of the Earth’s mantle and various reservoirs over time. Models can then be compared 

to current data to test theories and target further areas of data collection. To this end, following 

the approach used in Hin et al. (2022), we model the changing elemental budgets of U, Mo, K, 

thorium (Th), cerium (Ce) and lead (Pb) in the mantle over the past 2.4 Gyr as a result of crustal 
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recycling. We focus on the Th/U, K/U and Ce/Pb ratios in these models, which include our 

elements of isotopic interest with a reference element of similar magmatic incompatibility.  Such 

incompatible element ratios, which are little influenced by melting or differentiation, provide a 

more reliable estimate of mantle source composition than inversions of elemental concentrations, 

with the Ce/Pb ratio giving a link between Pb and Mo (see later for details). We model the 

evolution of the isotopic ratios of 238U/235U (in ẟ notation as ẟ238U), 98Mo/95Mo (in ẟ notation as 

ẟ98Mo) and 41K/39K (in ẟ notation as ẟ41K) over the same time period. As in Hin et al. (2022), use 

two end member scenarios of perfect chemical mixing of recycled material into the whole mantle 

and just the upper mantle (upper 660 km of mantle above the seismic discontinuity). We take this 

approach because the distribution of recycled plates between upper and lower mantle is unknown.  

 

Our models take into account seafloor alteration, subduction zone processing, and the subduction 

of continental material in the form of subducting sediment. We use a Monte Carlo approach which 

allows us to explore a range of input variables to account for the uncertainty in the compositions 

of various reservoirs. Our aim in this work is to further investigate the usefulness of novel stable 

isotopes in tracing mantle convection from the perspective of crustal recycling.  
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7.2 Methods 
 

7.2.1 General formulation 

 

Our model formulation to assess the effects of crustal recycling on the elemental budget and 

isotopic composition of the mantle follows the model outlined in Hin et al. (2022). We modify the 

model from Hin et al. (2022) thusly: firstly to include the altered oceanic crust and; secondly, run 

the models as Monte Carlo simulations, such that we generate a range of values for variables to 

account for their uncertainty and then assess the range of possible outcomes. In our model we 

keep several variables constant, and they are listed in table 1 along with their sources. We run our 

Monte Carlo models with 1,000,000 or 100,000 iterations (depending on computational expense 

of the model); namely for variables that have a range of inputs, 1,000,000 or 100,000 random 

values in these ranges are generated. The ranges of variables used are listed in table 2. 

 

We choose to run models from modern day depleted MORB mantle (DMM) compositions 

backwards in time to 2.4 Ga, the great oxygenation event (GOE), in time steps of 100,000,000 

years, undoing the effects of crustal recycling. We use this timescale for numerous reasons, firstly 

prior to 2.4 Ga, U would have been largely immobile on the Earth’s surface, locked in continents 

as U4+, with little cycling of U on the surface, and therefore causing no predicted significant net 

change to the mantle. We can therefore use the assumption that the Th/U ratio from 4.5 to 2.4 

Ga was unchanged and chondritic, ~ 3.7 –  4.2 (McDonough and Sun, 1995; Blichert-Toft et al., 

2010; Palme and O’Neill, 2014). Compared to more sub-chondritic values measured in modern 

day MORB, ~ 2.6 to 3.2 (Salters and Stracke, 2004; Gale et al., 2013), this implies excess U 

recycling since the GOE (Zartman and Haines, 1988; McCulloch, 1993; Collerson and Kamber, 

1999; Elliott et al., 1999; Andersen et al., 2015). Also prior to the GOE subduction zone processing 

may have operated differently due to different redox conditions, i.e., lower oxygen levels. This is 

especially important for redox sensitive elements such as U and Mo where isotopic fractionations 

during subducting slab dehydration reactions depend on redox state (e.g., Freymuth et al., 2015, 

2019; Chen et al., 2019).  Thus, by limiting models back to 2.4 Ga avoids this potential issue. Lastly 

the timing of the onset of modern day plate tectonics and extraction of the continental crust are 

highly debated (e.g., Hawkesworth et al., 2020 and references therein), with recent estimates 

placing the onset of modern day like plate tectonics at ~ 3 Ga (e.g., Dhuime et al., 2012). Therefore, 

by running models only as far back as 2.4 Ga we assume crustal recycling has occurred since then, 

but do not have to get drawn into the debate about when it initiated. We also assume a large 
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proportion of crustal extraction had already occurred before 2.4 Ga and start the models with a 

depleted mantle composition.  

 

Our models start with a defined modern-day concentration of each element in the mantle (𝐶!",$% ), 

where 𝐶 is the concentration in kg kg−1 of element 𝐸 in the depleted mantle, 𝑑𝑚. In the crustal 

recycling model, we model the effects of subducting oceanic crust on the elemental budget and 

isotopic composition of the mantle. To account for this process, we model three mass fluxes of 

elements: fluxes of sediment and, altered oceanic crust into the mantle and a flux to arc volcanoes 

out of the mantle. An arc lavas flux is used to reflect the net removal of elements from the 

subducting crust, during its dehydration, to the overlying mantle wedge and ultimately arc lavas. 

We evaluate this flux as a kg yr−1 mass (𝑓𝑙𝑢𝑥&'(% ) based on the global arc production rate, 𝑟&'( in 

m3 m−1 yr−1, global arc length, 𝑙, in m and the density of crust produced, r, in kg m−3, such that 

the arc flux for an element 𝐸 is:  

 

𝑓𝑙𝑢𝑥&'(% = 𝑟&'(𝑙r  (1) 

 

As noted in Hin et al. (2022) this arc flux uses modern estimates of global arc lava production rate 

and arc lengths which has almost certainly not been constant over geologic time. We therefore 

scale the flux of an element to arc lavas to their modern element concentration in the modern 

MORB mantle (𝑚𝑚𝑚). We do this by first calculating a scaling factor, 𝑆&'(% , to track depletion / 

enrichment in the mantle as a function of mantle concentration: 

 

𝑆&'(% = )!"#
$

)%%%
$   (2) 

 

We then multiply this scaling factor by the modelled mantle concentration at each time step, 𝑡* , 

such that we can calculate a concentration at any time, to give a mass flux of an element for the 

next time step: 

 

𝑓𝑙𝑢𝑥&'(,+*% = 𝑟&'(𝑙r𝑆&'(% 𝐶!",+*,-%  (3) 

 

Thus, we assume a constant melting fraction of the mantle throughout time, such that the relative 

difference between concentrations in arc lavas the modern MORB mantle stays the same, which 
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we consider more reasonable than assuming a constant concentration of arc lavas and other 

reservoirs.  

 

We take a similar approach to account for the recycling of continental crust which we model as 

subducting sediments. We model a sediment flux, (𝑓𝑙𝑢𝑥./!% ) for each element using a global 

subduction rate, 𝑟01! in m yr−1, average sediment thickness 𝑑0/! in m, and we only let a fraction, 

𝑓0/! , past the subduction zone and recycle further into the mantle. As with the arc lavas we use a 

scaling approach relative to the concentration in modern MORB mantle, 𝑆0/!% , and calculate a 

sediment flux at each time step.  

 

𝑆./!% = )&'(
$

)%%%
$   (4) 

 

𝑓𝑙𝑢𝑥./!,+*% = 𝑓./!𝑑./!𝑟01!𝑙r𝑆./!% 𝐶!",+*,-%   (5) 

 

We also account for the budget of an element in the altered oceanic crust (𝐴𝑂𝐶) that will recycle 

into the mantle, which we treat as the upper 500 m of oceanic crust, 𝑑&2) . We calculate a flux of 

elements in the AOC using the thickness of AOC, production rate of MORB, 𝑟3245 , in m2 yr−1 

and again use the scaling approach to the concentration in modern MORB mantle, 𝑆&2)%  and 

calculate an AOC flux at each time step. 

 

𝑆&2)% = )!)*
$

)%%%
$   (6) 

 

𝑓𝑙𝑢𝑥&2),+*% = 𝑑&2)𝑟3245r𝑆&2)% 𝐶!",+*,-%   (7) 

 

Using equations 3, 5 and 7 we can then calculate the concentration of an element in the mantle at 

any time step in the past, 𝑡* , from: 

 

𝐶!",+*% = (789:!"#,,-
$ ,789:!)*,,-

$ ,789:&'(,,-
$ )(+-,+-./)<3%)(%,,-./

$

3%
  (8) 

 

Where 𝑀" is either the mass of the whole (WM) or upper mantle (UM) in kg.  
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Following this we can also calculate the isotopic composition of U, Mo and K in the mantle and 

scale the isotopic compositions, 𝑆=% , of modern rocks to the modern MORB mantle, such that 

for an arc lava, sediment, and AOC isotopic scaling we have: 

 

𝑆&'(=% = 𝛿𝐸&'( − 𝛿𝐸"""  (9) 

 

𝑆./!=% = 𝛿𝐸./! − 𝛿𝐸"""  (10) 

 

𝑆&2)=% = 𝛿𝐸&2) − 𝛿𝐸"""  (11) 

 

which we can use to calculate an isotopic composition weighted by mass flux for each element to 

arc lavas and from sediment and AOC at each time step: 

 

𝑓𝑙𝑢𝑥&'(=% = 𝑓𝑙𝑢𝑥&'(,+*% (𝑆&'(=% + 𝛿𝐸!",+*,-)  (12) 

 

𝑓𝑙𝑢𝑥./!=% = 𝑓𝑙𝑢𝑥./!,+*% (𝑆./!=% + 𝛿𝐸!",+*,-)  (13) 

 

𝑓𝑙𝑢𝑥&2)=% = 𝑓𝑙𝑢𝑥&2),+*% (𝑆&2)=% + 𝛿𝐸!",+*,-)  (14) 

 

Starting from a modern-day isotopic composition for the depleted mantle, the modern MORB 

mantle composition, we can then calculate the isotopic composition of the mantle at any time step 

in the past using equations 12, 13 and 14.  

 

We can evolve previous compositions of the mantle, from the present to the past, and undo the 

effects of crustal recycling, by adding in a flux from arc lavas and subtracting a flux from sediments 

and AOC, again for either the whole or upper mantle: 

 

𝛿𝐸!",+* =
(789:!"#,,-

0$ ,789:!1)*,,-
0$ ,789:&'(,,-

0$ )(+-,+-./)<3%)(%,,-./
$ =%(%,,-./

>789:!"#,,-
$ ,789:!1)*,,-

$ ,789:&'(,,-
$ ?(+-,+-./)<3%)(%,,-./

$   (15) 

 

As our models use random values in ranges for the variables, we choose to constrain our results 

to only those models that satisfy certain constraints. These constraints differ for each elemental 

isotopic system modelled, i.e., U, K, and Mo. 
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7.2.2 Crustal recycling model constraints – Ce/Pb 

 

We run the Ce/Pb and Mo evolution models together using 100,000 model iterations. As in Hin 

et al. (2022) we model the Ce/Pb evolution rather than Ce/Mo, as Ce/Mo values of the modern 

mantle are less well constrained than Ce/Pb. Lead appears to be a reasonable proxy for Mo, as it 

is also significantly lost to arc lavas during subduction dehydration (e.g., Miller et al., 1994; 

Freymuth et al., 2015). We limit “successful” Ce/Pb models to those that start with a Ce/Pb value 

between 30 to 36 to match modern day mantle estimates (Salters and Stracke, 2004), and to models 

that by 2.4 Ga have a Ce/Pb < 30, as primitive Ce/Pb values are lower than modern day, e.g., ~ 

5 – 10 (Palme and O’Neill, 2014). While not directly linked to Mo, the models share for example 

the fraction of subducting sediment, and we therefore examine the Mo models that match the 

“successful” Ce/Pb models as a way of narrowing our “successful” Mo models. To each successful 

model run we fit a second order polynomial to the ẟ98Mo evolution and solve for the time when 

the mantle composition would reach the primitive composition which we set to ẟ98Mo = −0.15 

‰ (Burkhardt et al., 2014; Hin et al., 2022). This time represents how long crustal recycling must 

have occurred to drive Mo isotopic compositions of the mantle from chondritic to sub-chondritic 

by recycling crustal material. 

 

7.2.3 Crustal recycling model constraints – Th/U and K/U 

 

We run the U, Th/U, K and K/U models together using 1,000,000 model iterations, as the Th/U 

and K/U models are linked through the concentration of U in the mantle. We limit “successful” 

models to those that start with a Th/U ratio between 2.6 to 3.2 to match modern day estimates of 

the depleted mantle (Salters and Stracke, 2004), and to those that at 2.4 Ga have a primitive Th/U 

ratio of 3.7 to 4.2 (McDonough and Sun, 1995; Blichert-Toft et al., 2010; Palme and O’Neill, 2014). 

Thorium is an element of similar incompatibility to U during mantle melting (Calas, 1979) and the 

Th/U ratio has well constrained values in the evolving mantle composition with time (Zartman 

and Haines, 1988; McCulloch, 1993; Elliott et al., 1999; Andersen et al., 2015). Given the inferences 

of no U recycling prior to 2.4 Ga, Th/U should be constant from 4.5 to 2.4 Ga. As for Mo, to 

each successful model run we fit a second order polynomial to the ẟ238U evolution and solve for 

the time when the mantle composition reaches the BSE composition, which we set to ẟ238U = 

−0.306 ‰ (Andersen et al., 2015). We then take this time to be the length of time that isotopically 

perturbed U has been recycled into the mantle to create the isotopic heterogeneity seen in MORB 
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and therefore the timing of deep ocean oxygenation, which we compare to ẟ238U results on 

ophiolites (Andersen et al., 2015, Chapter 4).  

 

To constrain K crustal recycling models, we model the K/U ratio evolution over time. The K/U 

ratio is inherently important for the thermal budget of the Earth as both K and U are radiogenic 

heat producers. Therefore, the K/U ratio of various Earth reservoirs has been the focus of 

numerous studies and much debate. Different values for the bulk silicate Earth and MORB source 

K/U ratios have been proposed, ranging from ~ 6,000 to over 21,000 (Urey, 1955; Wasserburg et 

al., 1964; Jochum et al., 1983; McDonough and Sun, 1995; Davies, 1999; Lassiter, 2004; Arevalo 

et al., 2009; Arevalo and McDonough, 2010; Nielsen, 2010; Jenner and O’Neill, 2012; Gale et al., 

2013; Palme and O’Neill, 2014; Farcy et al., 2020). The K/U ratio evolution over time is our least 

well constrained ratio for testing suitability of runs. We limit “successful” models to those that 

start with a K/U ratio between 11489 and 14043 to match modern day estimates of the depleted 

mantle (Salters and Stracke, 2004) and then let the K/U ratio freely evolve to 2.4 Ga. As the Th/U 

ratio at 2.4 Ga is much better constrained than the K/U ratio at 2.4 Ga, we use the constraints 

from the Th/U ratio evolution models and apply them to the K/U ratio models, as both have U 

in common. Therefore, our Th/U, K/U and U and K isotopic evolution “successful” models are 

those that start with Th/U from 2.6 to 3.2 and K/U of 11489 to 14043 and end with Th/U 

between 3.7 and 4.2 at 2.4 Ga. 

 

For the ẟ41K evolution of the mantle over time, primitive ẟ41K compositions are unknown. This 

is due to the moderately volatile nature of K, (e.g., Lodders, 2003; Palme et al., 2014) making it 

unlikely that the K isotopic compositions of chondrites represents the initial K isotopic 

composition of the primitive mantle. Therefore, we have no constraints on how the ẟ41K may 

change over time, and simply assess the effects of crustal recycling on the ẟ41K evolution of the 

mantle given the inputs used (Table 2).  

 

 

 

 

 

 

 

 



Chapter 7: Models of crustal recycling 
 

 - 364 - 

Constant Value Unit Reference 

Mass whole mantle 4.043 × 1024 kg McDonough (2003) 

Mass upper mantle 1.1 × 1024 kg McDonough (2003) 

Mass continental crust 2.06 × 1022 kg Huang et al. (2013) 

Arc production rate 71 m3 m−1 yr−1 Crisp (1984) 

Arc length 4.4 × 107 m Jarrard (2003) 

Subduction rate 0.066 m yr−1 von Huene and Scholl (1991) 

Sediment thickness 316 m Plank (2014) 

Altered oceanic crust thickness 500 m  

MORB production rate 3 × 106 m2 yr−1  

Density 3000 kg m−3  

Table 1. Constants used in crustal recycling models. 
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Element Variable Concentration (ug g−1) (ẟ238U, ẟ98Mo, ẟ41K) (‰) 

Uranium 

DMM 0.0047 ± 30 %a −0.268 ± 0.011 2SEb 

Arc lavas 0.131: 0.163c −0.417: −0.408c 

Subducting sediment 1.73 ± 0.09d −0.418: −0.282e 

Altered oceanic crust 0.286: 0.346f −0.17 ± 0.026 2SEg 

Molybdenum 

DMM 0.025 ± 28 %a −0.19 ± 0.01 95 % CIb 

Arc lavas 0.689: 0.768c 0.01: 0.02c 

Subducting sediment 3.46 ± 50 %h 0.027 ± 50 %h 

Altered oceanic crust −0.038: 0.123f 0.359 ± 0.024 2SEg 

Potassium 

DMM 60 ± 28 %a −0.43 ± 0.024 2SEb 

Arc lavas 2945: 3719c −0.234: −0.228c 

Subducting sediment 17750 ± 1124d −0.94: −0.29i 

Altered oceanic crust 3902: 4483f −0.32 ± 0.03 95 % CIg 

Thorium 

DMM 0.014 ± 30 %a  

Arc lavas 0.216: 0.296c  

Subducting sediment 8.1 ± 0.59d  

Altered oceanic crust 0.009: 0.062f  

Cerium 

DMM 0.014 ± 30 %a  

Arc lavas 6.643: 7.761c  

Subducting sediment 57.6 ± 4d  

Altered oceanic crust −8.85: −3.46f  

Lead 

DMM 0.023 ± 30 %a  

Arc lavas 2.469: 2.57c  

Subducting sediment 21.2 ± 1.4d  

Altered oceanic crust 0.153: 0.41f  

 fraction   

Sediment fraction 0: 0.43j   

Table 2. Variables and uncertainties / ranges used in the crustal recycling model. 

a – Depleted MORB mantle composition from Salters and Stracke (2004).  

b – Depleted MORB mantle compositions and associated uncertainty (Andersen et al., 2015; 

Tuller-Ross et al., 2019; Hin et al., 2022). 

c – Following Hin et al. (2022) we model the dehydration of subducting oceanic crust, by compiling 

arc lava data for samples that have U, Mo or K isotopic data  (Elliott et al., 1997; Andersen et al., 

2015; Freymuth et al., 2015, 2019; König et al., 2016; Villalobos-Orchard et al., 2020; Li et al., 
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2021; Parendo et al., 2022; chapter 6). We filter to best represent effects of an aqueous fluid flux 

that carries larges fluxes of U Mo and K to arc lavas, by selecting samples with Ba/Th > 300 and 

then > 400 to get a range of elemental and isotopic compositions. 

d – Global subducting sediment composition, GLOSS-II from Plank (2014). 

e – Uranium isotopic composition of subducting sediment, using the highest and lowest 

composition in Andersen et al. (2015). 

f – We use a concentration of the supercomposite samples from ODP 801C and DSDP 417/418 

sites and subtract a fresh unaltered composition from the same site  (Staudigel et al., 1996; Fisk 

and Kelley, 2002; Kelley et al., 2003, 2005) when data is available or average MORB from Gale et 

al. (2013), to get a range for excess or deficit concentration in AOC.  

g – Composition of ODP 801C supercomposite and associated uncertainty (Andersen et al., 2015; 

Freymuth et al., 2015; Hu et al., 2020). 

h – Sediment compilation from Hin et al. (2022) for Mo compositions ± 50 %. 

i – Potassium isotopic composition of the highest and lowest average global sediment column 

from Hu et al. (2020) 

j – As a percentage mass of total subducting MORB a 0 to 2.2 % fraction of sediment is needed 

to reproduce the hafnium-neodymium isotope array of MORB (Chauvel et al., 2008). With the 

given values for sediment thickness, subduction rate, arc length and density (Table 1), a maximum 

total of 2.8 × 1012 kg yr–1 of sediment is recycled, this corresponds to 5.1 % of the total mass of 

MORB subducted (using 6000 m thick MORB, 300,000 m2 yr–1 MORB production rate and 3000 

kg m–3 density). Correspondingly then, 0 – 2.2 % of this mass results in 0 – 1.2 × 1012 kg yr–1 of 

sediment recycling, equivalent to a 0 to 0.43 fraction of sediment recycled. 
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7.3 Results 
 
7.3.1 Crustal recycling ẟ98Mo and Ce/Pb evolution 

 

Out of the 100,000 iterations of the Ce/Pb and ẟ98Mo evolution models ran, 21,541 were 

successful (models that meet the set Ce/Pb criteria) for recycling into the whole mantle and 24,729 

for recycling into the upper mantle, and average results are shown in table 3. As a result of undoing 

the effects of crustal recycling and evolving previous mantle compositions when starting from a 

modern-day depleted mantle composition, the ẟ98Mo composition of the whole and upper mantle 

increases (Fig. 1, 2). The whole mantle (Fig. 1) changes slower in ẟ98Mo than the upper mantle 

(Fig. 2). On average it takes ~ 4.5 ± 2.6 (1SD) Gyr for the whole mantle to evolve back to a 

primitive composition (ẟ98Mo −0.19 to −0.15 ‰), while for the upper mantle it only takes ~ 1.3 

± 0.9 (1SD) Gyr (Table 3). Due to the large range in variables used and random nature of the 

model, 2 out of the 24,729 successful upper mantle ẟ98Mo models evolve lower ẟ98Mo in the past 

(Fig. 2) and thus never reach a primitive composition, −0.15 ‰, these two models have been 

excluded from the averages for the time it takes ẟ98Mo to evolve from a modern to primitive 

composition (Table 3). Over the past 2.4 Gyr of crustal recycling the Ce/Pb ratio also shows a 

large change, decreasing from ~ 33 in the modern depleted mantle to ~ 25 and 17 at 2.4 Ga in the 

whole and upper mantle recycling models respectively (Fig. 3, 4, table 3). There is a uniform 

distribution in the ranges of variables that are inputs (Table 2) to the Ce/Pb and ẟ98Mo model, 

except for the sediment fraction. Slightly higher sediment fractions are more compatible with 

upper mantle recycling models than whole mantle recycling models (Table 3).  

 

 UM WM  

 Mean SD Mean SD Target range 

Time for ẟ98Mo modern to evolve 

to primitive composition (Gyr) 

1.3 0.9 4.5 2.6  

Ce/Pb modern 32.8 1.7 32.6 1.7 30: 36 

Ce/Pb 2.4 Ga 16.7 5.8 24.7 2.9 < 30 

Sediment fraction (f) 0.17 0.10 0.15 0.09  

Table 3. Average results and standard deviation for successful ẟ98Mo and Ce/Pb evolution models 

in the upper mantle (UM) and whole mantle (WM), and the target ranges in Ce/Pb that define 

successful models. 
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Fig. 1. (a) Whole mantle ẟ98Mo evolution back to 2.4 Ga, the y-axis has been cut at a primitive 

mantle ẟ98Mo composition −0.15 ‰ and (b) histogram, cut at 4.5 Gyr, of the time it takes for 

ẟ98Mo to change from a modern-day depleted mantle composition, −0.19 ± 0.01 ‰ 2SE to a 

primitive composition, −0.15 ‰ when crust is recycled into the whole mantle.  

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 2. (a) Upper mantle ẟ98Mo evolution back to 2.4 Ga, the y-axis has been cut at a primitive 

mantle ẟ98Mo composition −0.15 ‰ and (b) histogram of the time it takes for ẟ98Mo to change 

from a modern-day depleted mantle composition, −0.19 ± 0.01 ‰ 2SE to a primitive 

composition, −0.15 ‰ when crust is recycled into the upper mantle. 
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Fig. 3. (a) Whole mantle Ce/Pb modern-day composition, limited to Ce/Pb between 30 and 36. 

(b) whole mantle Ce/Pb ratio evolution back to 2.4 Ga because of undoing the effects of crustal 

recycling. (c) whole mantle Ce/Pb at 2.4 Ga, limited to Ce/Pb < 30. 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 4. (a) Upper mantle Ce/Pb modern-day composition, limited to Ce/Pb between 30 and 36. 

(b) Upper mantle Ce/Pb ratio evolution back to 2.4 Ga because of undoing the effects of crustal 

recycling. (c) Upper mantle Ce/Pb at 2.4 Ga, limited to Ce/Pb < 30. 
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7.3.2 Crustal recycling Th/U, K/U, ẟ238U, and ẟ41K evolution 

 

Out of the 1,000,000 iterations of the Th/U, ẟ238U, K/U and ẟ41K evolution models, only 12 were 

successful (models that meet set Th/U and K/U criteria) for recycling into the whole mantle and 

15,658 for recycling into the upper mantle, and average results are shown in table 4.  

 

The Th/U ratio of the whole and upper mantle increases in the past (Fig. 5, 6), while the ẟ238U 

composition decreases (Fig. 7, 8). The Th/U ratio increases to primitive compositions at 2.4 Ga, 

3.9 ± 0.1 SD (Fig. 5) and ~ 3.7 ± 0.05 SD (Fig. 6) in the upper mantle and whole mantle crustal 

recycling models respectively. As with Mo models, the upper mantle crustal recycling models 

change quicker in ẟ238U and Th/U, with the upper mantle on average reaching a primitive ẟ238U 

composition (ẟ238U = −0.306 ‰) at ~ 0.7 ± 0.2 (1SD) Ga (Fig. 7), while for the whole mantle it 

reaches a primitive composition at 1.7 ± 0.3 (1SD) Ga (Fig. 8).  

 

When starting from a modern-day composition, the K/U ratio of the whole and upper mantle 

tends to increase in the past (Fig. 9, 10), and the ẟ41K composition also tends to increase in the 

past (Fig. 11, 12). In upper mantle recycling models, the K/U ratio shows a large change over the 

past 2.4 Ga from ~ 13,000 in the modern-day to 21,000 at 2.4 Ga (Fig. 9, table 4), while in the 

whole mantle recycling models the change is smaller, ~ 13,500 to 16,500 (Fig. 10, table 4). The 

same pattern is seen in the ẟ41K evolution, with the upper mantle changing from a modern 

composition, −0.43 ‰ ± 0.01 SD to −0.25 ‰ ± 0.05 SD at 2.4 Ga (Fig. 11), while the whole 

mantle only changes to −0.38 ‰ ± 0.01 SD at 2.4 Ga (Fig. 12).  

 

There is a uniform distribution in the ranges of variables that are inputs (Table 2) to the Th/U, 

K/U, ẟ238U and ẟ41K model, except for the sediment fraction. Like the Mo evolution models 

slightly higher sediment fractions are more compatible with upper mantle recycling models than 

whole mantle recycling models (Table 4).  
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 UM WM  

 Mean SD Mean SD Target range 

Time for ẟ238U modern to evolve 

to primitive composition (Gyr) 

0.7 0.2 1.7 0.3  

Th/U modern 3.0 0.2 3.2 0.03 2.6: 3.2 

Th/U 2.4 Ga 3.9 0.1 3.7 0.05 3.7: 4.2 

ẟ41K modern (‰) −0.43 0.01 −0.43 0.01  

ẟ41K at 2.4 Ga (‰) −0.25 0.05 −0.38 0.01  

K/U modern 12742 721 13514 494 11489: 14043 

K/U at 2.4 Ga 21426 2966 16566 758  

Sediment fraction (f) 0.08 0.05 0.02 0.02  

Table 4. Average results and standard deviation for successful ẟ238U, ẟ41K, Th/U and K/U evolution 

models in the upper mantle (UM) and whole mantle (WM), and the target ranges in Th/U and 

K/U that define successful models. 

 

 

 

 

 

 

 

 

 

 

 

Fig. 5. (a) Upper mantle Th/U modern-day composition, limited to Th/U between 2.6 and 3.2. 

(b) Upper mantle Th/U ratio evolution back to 2.4 Ga because of undoing the effects of crustal 

recycling. (c) Upper mantle Th/U at 2.4 Ga, limited to Th/U between 3.7 and 4.2. 
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Fig. 6. (a) Whole mantle Th/U modern-day composition, limited to Th/U between 2.6 and 3.2. 

(b) Whole mantle Th/U ratio evolution back to 2.4 Ga because of undoing the effects of crustal 

recycling. (c) Whole mantle Th/U at 2.4 Ga, limited to Th/U between 3.7 and 4.2. 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 7. (a) Upper mantle ẟ238U evolution back to 2.4 Ga, the y-axis has been cut at a primitive 

mantle ẟ238U composition −0.306 ‰ and (b) histogram of the time it takes for ẟ238U to change 

from a modern-day depleted mantle composition, −0.268 ± 0.011 ‰ 2SE to a primitive 

composition, −0.306 ‰ when crust is recycled into the upper mantle. 
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Fig. 8. (a) Whole mantle ẟ238U evolution back to 2.4 Ga, the y-axis has been cut at a primitive 

mantle ẟ238U composition −0.306 ‰ and (b) histogram of the time it takes for ẟ238U to change 

from a modern-day depleted mantle composition, −0.268 ± 0.011 ‰ 2SE to a primitive 

composition, −0.306 ‰ when crust is recycled into the whole mantle. 

 

 

 

 

 

 

 

 

 

 

Fig. 9. (a) Upper mantle K/U modern-day composition, limited to K/U between 11489 and 

14043. (b) Upper mantle K/U ratio evolution back to 2.4 Ga because of undoing the effects of 

crustal recycling. (c) Upper mantle K/U at 2.4 Ga. 
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Fig. 10. (a) Whole mantle K/U modern-day composition, limited to K/U between 11489 and 

14043. (b) Whole mantle K/U ratio evolution back to 2.4 Ga because of undoing the effects of 

crustal recycling. (c) Whole mantle K/U at 2.4 Ga. 

 

 

 

 

 

 

 

 

 

 

Fig. 11. (a) Histogram of upper mantle ẟ41K composition at modern day. (b) Upper mantle ẟ41K 

evolution back to 2.4 Ga. (c) Histogram of upper mantle ẟ41K composition at 2.4 Ga as a result 

of undoing the effects of crustal recycling into the upper mantle. 
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Fig. 12. (a) Histogram of whole mantle ẟ41K composition at modern day. (b) Whole mantle ẟ41K 

evolution back to 2.4 Ga. (c) Histogram of whole mantle ẟ41K composition at 2.4 Ga as a result 

of undoing the effects of crustal recycling into the whole mantle. 
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7.4 Discussion 
 

7.4.1 Sediment recycling 

 

For successful Ce/Pb and Th/U ratio evolution models for recycling crust into the mantle, lower 

fractions of sediments are needed for the whole mantle than for the upper mantle. Crustal recycling 

of sediment will tend to lower Ce/Pb ratios (Fig. 13) and increase Th/U ratios (Fig. 14), this 

counteracting the effects of recycling subduction zone processed oceanic crust (as represented by 

eclogite (Fig. 13) for Ce/Pb ratios and altered oceanic crust for Th/U ratios (Fig. 14). As the 

Ce/Pb ratio should be higher in the modern-day mantle and lower in the primitive mantle (Fig. 

13), and the Th/U ratio lower in modern-day mantle and higher in primitive mantle, a large amount 

of sediment recycling will not be compatible with these trends. Given that the composition of the 

whole mantle is harder to change because of the smaller leverage recycled components have in the 

mass balance relative to the upper mantle; having smaller amounts of sediment recycling into the 

whole mantle will result in more successful models that reach defined Ce/Pb and Th/U ratios. 

Our defined range for the fraction of recycled sediment is based on the estimate of 0 to 2.2 % 

sediment mixture in recycled oceanic crust and depleted mantle to produce the hafnium-

neodymium array of MORB from Chauvel et al. (2008). Our models show that this range is 

compatible with the Ce/Pb and Th/U ratio evolution of the mantle. Subducting sediment may 

play an important role in changing the K/U ratio and ẟ41K composition of the mantle (e.g., Sun 

et al., 2020), with sediment acting in the same way as altered oceanic crust and subducting residues 

(eclogite) to lower the K/U ratio and ẟ41K as a result of crustal recycling (Fig. 15).  

 

7.4.2 The ẟ98Mo and Ce/Pb evolution of the mantle 

 

As a result of crustal recycling the ẟ98Mo composition of the upper mantle can change from a 

primitive composition to modern day depleted mantle composition within ~ 1.3 ± 0.9 SD Gyr of 

recycling, while for recycling into the whole mantle it takes ~ 4.5 ± 2.6 SD Gyr (Fig. 13). These 

timescales are similar but slightly longer to those modelled by Hin et al. (2022) (~ 1.1 and 3.9 Gyr 

for upper mantle and whole mantle recycling, respectively). As we based our model formulation 

on Hin et al. (2022) it is encouraging that we get similar timescales given that we used a Monte 

Carlo approach rather than single input variables. This suggests that the values in Hin et al. (2022) 

were not specially tuned, but representative of a wide range of possible solutions (Table 2). That 

our models require longer timescales to change between a modern and primitive composition in 
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ẟ98Mo is likely a result of including an altered oceanic crust component, which was omitted in Hin 

et al. (2022). Recycling of altered oceanic crust will act to counteract the effects of recycling 

subduction zone processed residual oceanic crust (as represented by eclogite) (Fig. 13) and 

therefore increase the timescale of ẟ98Mo change.  

 

For recycling crust into the whole mantle, 4.5 Gyr of crustal recycling is not a feasible timescale 

for crustal recycling processes to have occurred for. Also, further back in time we would need to 

consider that the continents being added back into the mantle would further slow the rate of 

change. The timescale of crustal recycling over the last 1.3 Gyr for the ẟ98Mo evolution of the 

upper mantle is feasible and within the onset of plate tectonics and importantly the oxygenation 

of the atmosphere (~ 2.4 Ga). As subducting slab dehydration is thought to be the main control 

on recycling ẟ98Mo compositions (e.g., Freymuth et al., 2015; Chen et al., 2019), the evolution of 

ẟ98Mo may be dependent on redox conditions in subduction zones. It is unclear if arc lava 

compositions, and therefore complementary subducting residues would be the same as modern, 

prior to the GOE. Therefore, crustal recycling processes should be able to re-create the Mo 

isotopic composition of the mantle within the last 2.4 Gyr, which crustal recycling into the upper 

mantle does (~ 1.3 Gyr). Over this timescale, the Ce/Pb ratio of the upper mantle is lowered to ~ 

20, and heading towards more primitive values, ~ 5 to 10 (Palme and O’Neill, 2014). Given these 

results, crustal recycling of oceanic crust and sediment is a feasible way to change the ẟ98Mo and 

Ce/Pb ratio of the mantle from primitive to modern depleted mantle compositions if crust is only 

recycled into the upper mantle, in agreement with the findings in Hin et al. (2022). 
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Fig. 13. A representative model Mo isotopic and Ce/Pb evolution of the whole mantle (black 

dashed line) and upper mantle (red solid line) due to crustal recycling. Representative 

compositions for the altered oceanic crust (AOC blue diamond), subducting sediment (yellow 

diamond), and arc lavas (green diamond) are shown (see table 2 for source). Time intervals are 

shown in billion years ago (Ga). The model lines represent one individual simulation picked from 

successful Monte Carlo models that closely represents the mean of the successful model runs 

(Table 3). Note that for AOC, there is net loss of Ce, so there is no Ce/Pb ratio and a value of 0 

has been used.  

 

7.4.3 The Th/U and ẟ238U evolution of the mantle 

 

Excess U in AOC is only expected to be recycled after the GOE (i.e., post 2.4 Ga), which results 

in the continual decrease of the Th/U ratio from primitive values to depleted mantle values (Fig 

5, 6, 14), prior to this time we assume that the Th/U ratio would be constant, as a result of no 

excess U recycling, and therefore also invariant in the ẟ238U composition (Andersen et al., 2015). 

The recycling of excess U since the GOE is a way to resolve the difference between lower 
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measured Th/U ratio of MORB versus time-integrated Th/U ratios calculated from radiogenic 

Pb isotopic compositions of MORB (Zartman and Haines, 1988; McCulloch, 1993; Collerson and 

Kamber, 1999; Elliott et al., 1999).  

 

The recycled U is isotopically distinct in ẟ238U with crustal recycling driving the mantle 

composition to higher values (Fig. 14), towards recycled altered oceanic crust. The upper mantle 

as sampled by modern normal (N)-MORB has a ẟ238U composition higher than the primitive earth 

(Table 2) as represented by the bulk silicate Earth composition, with this interpreted to reflect the 

mixture of recycled oceanic crust into the mantle (Andersen et al., 2015). By removing the effects 

of crustal recycling from the mantle it is possible to assess the time it would take for the mantle to 

evolve from a modern composition, ẟ238U = −0.268 ± 0.011 ‰ 2SE to a primitive composition 

ẟ238U = −0.306 ‰ (Fig. 5, 6, 14). When recycling into the whole mantle the ẟ238U composition 

takes on average over two times longer to change from a modern to a primitive composition, 

compared to recycling into just the upper mantle (Table 4). Given that OIB, that may be 

interpreted to sample the lower mantle, do not show the influence of recycled isotopically distinct 

ẟ238U in their source, while N-MORB that sample the upper mantle do, models of ẟ238U for 

recycling crust into the upper mantle are likely more representative. The upper mantle reaches a 

primitive composition at on average 0.7 ± 0.2 SD Ga from removing the effects of crystal recycling 

composition by crustal recycling (Fig. 7b, 14). This timescale matches well with estimates of deep 

ocean oxygenation, ~ 0.4 to 0.85 Ga (e.g., Partin et al., 2013; Lyons et al., 2014; Andersen et al., 

2015; Stolper and Keller, 2018) and very well with an estimate from U isotopic compositions of 

ophiolites (Chapter 4), ~ 0.75 Ga, the minimum age when isotopically distinct U may have started 

recycling. This also is not in favour of the whole mantle recycling models as 1.7 Ga is significantly 

older than estimates of deep ocean oxygenation. Therefore ~ 0.7 Gyr is enough time to recycle 

oceanic crust into the upper mantle and perturb the ẟ238U composition from a primitive value to 

what is measured today in N-MORB (Fig. 14).  
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Fig. 14. A representative model U isotopic and Th/U evolution of the whole mantle (black dashed 

line) and upper mantle (red solid line) due to crustal recycling. Representative compositions for 

the altered oceanic crust (AOC blue diamond), subducting sediment (yellow diamond), and arc 

lavas (green diamond) are shown (see table 2 for source). Time intervals are shown in billion 

years ago (Ga). The model lines represent one individual simulation picked from successful Monte 

Carlo models that closely represents the mean of the successful model runs (Table 4).  

 

7.4.4 The K/U and ẟ41K evolution of the mantle 

 

The K/U ratio in the upper mantle and whole mantle recycling models both increase back to 2.4 

Ga, reflecting that more U is recycled relative to K during crustal recycling processes. While models 

start with values of modern day depleted mantle, ~ 11,000 to 14,000 (Salters and Stracke, 2004) 

they increase to values above estimates of primitive mantle ( ~ 11,350 (Palme and O’Neill, 2014)), 

in both upper mantle and whole mantle recycling models (Fig. 15, table 4). This is likely due the 

fact that our models only run back to 2.4 Ga and that K and U have different behaviours over 

geologic time. As mentioned prior to 2.4 Ga there would have been no excess U recycling due to 
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it being locked in continents as immobile U4+. Potassium is not redox sensitive, and may have been 

undergoing crustal recycling processes for longer than U. Therefore prior to 2.4 Ga if there was 

more K recycling into the mantle than lost to arcs, the K/U ratio, would decrease going back 

further in time and potentially match more primitive compositions. Therefore, without further 

knowledge of how the K/U ratio may have evolved over time, it is difficult to assess if our K/U 

evolution is feasible. 

 

As stated previously, due to the volatile nature of K, it is difficult to assess what the primitive ẟ41K 

of the mantle may have been and so unlike U and Mo, we do not have a target composition to 

evolve towards, therefore we assess what the ẟ41K composition may have been in the past. At 2.4 

Ga for models of crust recycling into the whole mantle the difference in ẟ41K is small, ẟ41K = ~ 

−0.38 ‰ at 2.4 Ga, versus −0.43 ‰ ± 0.01 SD in the modern mantle (Fig. 15, table 4). However, 

given that U and Mo recycling models favour recycling into the upper mantle, we evaluate the 

same scenario for K. For crustal recycling into the upper mantle there is large difference in ẟ41K, 

at −0.25 ‰ ± 0.05 SD compared to a modern-day depleted mantle composition, ~ −0.43 ‰ ± 

0.01 SD (Fig. 15, table 4). Given that analytical precision on ẟ41K measurements ranges from ~ 

0.03 to 0.140 ‰ 2SD (e.g., Wang and Jacobsen, 2016; Tuller-Ross et al., 2019; Chapter 2 and 6), a 

difference between −0.43 ± 0.01 and −0.25 ± 0.05 ‰ may be resolvable. If a reservoir, such as 

OIB that may sample the lower mantle, has a mean older source age then the upper mantle MORB 

source, it may be expected to show a difference in ẟ41K, i.e., higher values, due to less recycled 

crust. However there has been no resolvable difference between MORB and OIB found, with 

current datasets showing them to be indistinguishable in ẟ41K, e.g., MORB = ẟ41K −0.44 ± 0.09 

2SD and OIB = ẟ41K −0.41 ± 0.08 2SD (Tuller-Ross et al., 2019). As mentioned, the K system 

however is very different to the U system, in that K is not redox sensitive. Therefore, while 

recycling of isotopically distinct U relies on the oxygenation of the deep oceans (~ 0.75 Ga 

(Chapter 4)), there is no such control for K, and it may have been recycling for much longer, 

allowing for a longer time for convection to homogenise differences.  

 

Our models for K are the least constrained out of U and Mo and seem to suggest that K may trace 

crustal recycling, but no current work shows this. Therefore while K is helpful for tracing 

subduction zone processes relating to arc lava generation (Hu et al., 2021; Parendo et al., 2022; 

Chapter 6), further work and improved analytical precision is needed to test models that suggest 

K may be a useful tracer of crustal recycling. 
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Fig. 15. A representative model K isotopic and K/U evolution of the whole mantle (black dashed 

line) and upper mantle (red solid line) due to crustal recycling. Representative compositions for 

the altered oceanic crust (AOC blue diamond), subducting sediment (yellow diamond), arc lavas 

(green diamond), and eclogite (purple diamond) are shown (see table 2 for source). Time 

intervals are shown in billion years ago (Ga). The model lines represent one individual simulation 

picked from successful Monte Carlo models that closely represents the mean of the successful 

model runs (Table 4).  
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7.5 Conclusions 
 

We show how the elemental budgets and isotopic concentrations of U, Mo, and K change over 

geologic history by using Monte Carlo models to simulate the effects of recycling subduction zone 

processed altered oceanic crust into the whole and upper mantle. For U and Mo our simple mass 

balance models work best for crustal recycling into the upper mantle end-member scenario rather 

than the whole mantle end-member scenario. Models of the later evolve on long timescales that 

are not in line with large scale changes in the Earth system, potentially suggesting the non-uniform 

mixing of the mantle. Our simple mass balance models for the upper mantle end-member scenario 

show that the ẟ238U composition of the N-MORB source can be accounted for by the recycling of 

isotopically distinct U since ~ 0.7 Ga. This estimate fits with the estimated timing of deep ocean 

oxygenation estimated from ẟ238U measurements in ophiolites (Chapter 4). The ẟ98Mo 

composition of the N-MORB source can be re-created with crustal recycling since ~ 1.3 Ga. 

Results of ẟ41K evolution in the upper mantle suggest the potential for K to trace crustal recycling, 

however differences may be analytically challenging to resolve. Overall our modelling results re-

affirm the documented isotopic heterogeneity in the ẟ238U and ẟ98Mo composition, and suggests 

that there may be some as of yet undetected heterogeneity in the ẟ41K composition of mantle 

derived basalts, namely MORB and OIB (Andersen et al., 2015; Tuller-Ross et al., 2019; Chen et 

al., 2022; Hin et al., 2022; Chapter 5). 
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8.1 Novel stable isotopes as tracers of mantle convection 
 

This work in this thesis aims to further the understanding of crustal recycling (e.g., oceanic crust 

and continental derived material in the form of sediments) as a potential cause for mantle chemical 

heterogeneity. To this end we highlight the usefulness of and apply the novel stable isotopes 

systems - uranium (U), molybdenum (Mo) and potassium (K), to aspects of the crustal recycling 

process.  

 

To trace the recycling of crustal material into the mantle it is necessary to characterise the processes 

that occur to crust during its evolution, namely from the creation of oceanic crust at mid-ocean 

ridges, to the alteration of oceanic crust through seawater interaction, modification during 

subduction zone processing such as through dehydration reactions, and finally the potential 

chemical mixture back into the mantle. The U system is a main focus of this work as unique 

features of the system allows time constraints to be placed on crustal recycling processes, enabling 

inferences on the timescales of mantle convection and mixing. 

 

There is a growing body of data on the enrichment and associated isotopic fractionation of U in 

sections of modern day (i.e., < 200 Ma) altered oceanic crust (AOC) (Andersen et al., 2015, In 

prep). We add to this and document extensive U uptake and 238U/235U fractionation in samples of 

deep-sea drilling project site 417A and 417D in ~ 120 Ma Atlantic oceanic crust. Uranium isotopic 

systematics are shown to be useful tracers of the local environment of alteration, such as largely 

oxidising fluids circulating at shallow depths leading to low 238U/235U ratios or reducing conditions 

at depth leading to relatively high 238U/235U ratios. Uranium isotopic heterogeneity is established 

as a hall-mark of oceanic crust alteration in modern, oxygen-rich deep ocean conditions. 

Concentration and volumetrically weighted composites of such heterogenous crust are used to 

reflect an average mantle input of isotopically distinct U (on average high 238U/235U) that pollutes 

the mantle. This isotopically heavy U compositions can be fingerprinted in the source of normal 

(most likely encountered (Gale et al., 2013)) mid-ocean ridge basalts (N-MORB) relative to bulk 

silicate Earth (Andersen et al., 2015).  

 

Sections of oceanic crust altered in anoxic ocean conditions, as there were thought to be in the 

deeper geological past (e.g., Lyons et al., 2014), are hypothesised to have homogeneous U isotopic 

compositions. As a consequence, oceanic crust with significant U isotopic variability is likely only 

a relatively recent feature. Evidence in this thesis of U isotopic heterogeneity of three ophiolites 
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spanning the ages of 480 Ma, 540 Ma and 750 Ma reflect the presence of oxygenated deep oceans 

since at least 750 Ma.  

 

Given the success of U and also Mo (Hin et al., 2022) isotopes in fingerprinting recycled oceanic 

crust in the source of N-MORB, and given the inference that the change in U isotope ratios has 

only occurred over the last 750 Myr, we targeted more incompatible element enriched portions of 

the upper mantle, as sampled by enriched (E)-MORB, that have a much debated origin (e.g., Niu 

et al., 2002; Yang et al., 2020). Uranium and Mo isotopic data on a set of E-MORB from the mid-

Atlantic ridge provide strong evidence that the chemical enrichment seen in E-MORB is not from 

recycled oceanic crust in their sources. Results favour a model where low degree partial melts form 

at the lithosphere asthenosphere boundary and metasomatise overlying oceanic lithosphere, 

freezing in place as dykes or veins and enriching in incompatible elements (Niu et al., 2002). 

Metasomatised portions are eventually recycled and mixed into the mantle before being sampled 

at mid-ocean ridges producing E-MORB. The U isotope data place this enrichment to occur at 

least since 750 Ma (lower age limit).   

 

Given the success of applying Mo and U isotope systems, we aimed to use additional isotopic 

systems to provide further evidence and new insights into mantle processes. This work targeted 

the behaviour of K in subduction zones and characterised the K isotopic composition of a set of 

well-studied arc lavas from the Mariana arc and associated subducting sediments. Our results are 

explained by the addition of an isotopically heavy K aqueous fluid from slab dehydration and bulk 

sediment-AOC melt to the mantle source, and reflect well established inter-island variations 

(Elliott et al., 1997). Importantly the data suggest that isotopically distinct K subducting slab 

residues may be recycled into the mantle and act as a tracer of crustal recycling.  

 

Simple mass balance models of perfect chemical mixing of recycled crustal material into two end 

member scenarios, whole mantle mixing and upper mantle mixing provide secondary constraints 

and timings on crustal recycling. A larger number of successful solutions are obtained in models 

that mix material into the upper mantle and highlight that modern day isotopic composition of U 

and Mo can be recreated in ~ 0.7 and ~ 1.3 Gyr of crustal recycling. These are in line with timings 

of deep ocean oxygenation (750 Ma), which controls the onset of distinct isotopic U recycling, and 

the onset of plate tectonics. Potassium is also shown to potentially have resolvable isotopic 

heterogeneity within the mantle due to crustal recycling over the past 2.4 Gyr. However no current 

datasets show this, with potential differences being limited by analytical precision.  
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8.2 Future direction of research 
 

The work in this thesis highlights and uses the capabilities of the U, Mo, and K stable isotopic 

systems to investigate the generation of mantle chemical heterogeneity. Further research will 

continue to expand the understanding of these isotopic systems to fill in gaps in the geological 

cycle of the oceanic crust. Potassium isotopes as shown by our work may be a useful tracer of 

crustal recycling, but more work is needed to explore this possibility. Next generation mass 

spectrometry technology, such as the Thermo Scientific NEOMA instrument, hold the potential 

to increase the precision at which stable K isotopic measurements can be made. Higher analytical 

precision may reveal distinct differences between mantle derived rocks and inform on geochemical 

processes.  

 

Exhumed eclogites represent the residual slab composition after subduction zone processing and 

can inform on compositions that may subduct further into the mantle. Data for Mo (Chen et al., 

2019)  and K (Liu et al., 2020) exist in exhumed eclogites, but no such study has been carried out 

for U. Uranium may be retained in phases such as zoisites to high enough concentrations such 

that individual mineral phases may be measured for their isotopic composition. Further study on 

the mineral phases that retain U during the alteration of the oceanic crust is also vital to the 

understanding of the U system. Understanding the mineralogical controls on the uptake and 

isotopic fractionation of U in modern AOC will show how changes in alteration mineralogy with 

changing ocean conditions may control the observed U systematics. This should help better define 

the time window of onset of deep ocean oxygenation, a vital constraint for surface evolution as 

well mantle mixing timescales. 

 

Similarly, the mineralogical hosts of U and Mo in the mantle are relatively unconstrained, which 

can make it difficult to assess possible effects of melting on isotopic compositions. Low degree 

partial melting is thought to affect the Mo isotopic compositions of melts based on theoretical 

calculations (McCoy-West et al., 2019; Chen et al., 2022). Although U is thought to be too 

incompatible to fractionate isotopically during mantle melting, there is also no experimental data 

to confirm this absence of isotopic fractionation. As low degrees of melting may play an important 

role for the generation of E-MORB, determining fractionation factors between mineral and melt 

for Mo and U will aid in providing further evidence for or against models of E-MORB formation. 
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Further chemical heterogeneity in the upper mantle may exist on a geographical basis (e.,g., Dupré 

and Allègre, 1983; Hart, 1984). Uranium and Mo isotopes might be used to investigate the creation 

and persistence of geochemical differences between ocean basins as a result of the geometries of 

global subduction and its control on mantle mixing.  Mid-ocean ridge basalt samples of N- and E- 

varieties should be sampled and measured systematically across the different ocean basins to 

investigate potential differences resulting from recycling that would inform us on the distribution 

of chemical heterogeneity in the upper mantle imparted by this process.  

 

Expanding work to other radiogenic and novel stable isotopes systems is also a logical next step. 

For example, age information gained from high precision double spike lead isotope measurements 

on the E-MORB samples measured in this work will provide a useful comparison to the time 

constraints placed on the E-MORB source from U isotopes (e.g., 750 Ma lower age limit (Chapter 

5)). Along with this, a full set of other radiogenic isotope data, e.g., rubidium-strontium (Sr) and 

samarium-neodymium (Nd) would also be useful given that E-MORB are slightly more radiogenic 

in 87Sr/86Sr and less in 143Nd/144Nd than N-MORB (Donnelly et al., 2004). Further novel stable 

isotope measurements on the same samples would also provide valuable information on crustal 

recycling processes. Two attractive elements for further study, that have previously been applied 

to mantle geochemistry, are lithium and boron. They can both undergo large low temperature 

fractionations on the surface that can make them diagnostic tracers during high temperature 

mantle processes (e.g., Elliott et al., 2004, 2006; Marschall et al., 2017; Walowski et al., 2019, 2021). 

It remains to be seen if the ideas proposed in this work from U and Mo isotopes, namely that E-

MORB does not contain a recycled crustal component, will be supported by other stable isotope 

systems. Ideally all isotopic data will converge on a coherent story of crustal recycling, mantle 

mixing and convection, informing on the degree of chemical heterogeneity in the Earth’s mantle, 

providing a more complete picture of the chemical evolution of the Earth.  
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