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Methane dynamics in Santa Barbara Basin (USA) sediments
as examined with a reaction-transport model

by David J. Burdige,1,2 Tomoko Komada,3 Cédric Magen,4 and Jeffrey P. Chanton5

ABSTRACT
Here we describe a new reaction-transport model that quantitatively examines δ13C profiles of pore-

water methane and dissolved inorganic carbon (DIC) (δ13CCH4 and δ13CDIC) in the anoxic sediments
of the Santa Barbara Basin (California Borderland region). Best-fit solutions of the model to these data
suggest that CO2 reduction is the predominant form of methanogenesis in these sediments. These
solutions also accurately reproduce the isotope depth profiles, including a broad minimum in the
δ13CDIC profile and a much sharper (angular) minimum in the δ13CCH4 profile, both of which appear
near the base of the transition zone in the sediments between sulfate reduction and methanogenesis
(referred to here as the sulfate-methane transition zone, or SMTZ). Such minima in pore-water profiles
of δ13CCH4 near the base of the SMTZ have been seen in a number of other marine sediments across
a range of depth and timescales. We show here that this minimum in the δ13CCH4 profile in Santa
Barbara Basin sediments results from the balance between (1) anaerobic oxidation of methane (AOM),
which leads to an increase in δ13CCH4 with decreasing depth in the sediment column through and
above the SMTZ; (2) methanogenesis, which produces 13C-depleted methane, both in and below the
SMTZ; and (3) an upward flux of CH4 from depth that is relatively enriched in 13C as compared
with the methane in these pore waters. Possible sources of this deep methane include the following:
geologic hydrocarbon reservoirs derived from ancient source rocks; decomposition of buried gas
hydrates; and biogenic (or perhaps thermogenic) methane produced hundreds of meters below the
seafloor stimulated by increasing temperatures associated with the sediment geothermal gradient.
Although we are unable to resolve these possible sources of deep methane, we believe that the
significance of an upward methane flux as an explanation for minima in δ13CCH4 pore-water profiles
may not be limited to Santa Barbara Basin sediments but may be common in many continental margin
sediments.
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1. Introduction

The processes affecting methane cycling in marine sediments are important across a
wide range of spatial and temporal scales. Methane (CH4) is a greenhouse gas with a
global warming potential of ∼45 times that of CO2 on a 100-year timescale (Neubauer and
Megonigal 2015). The atmospheric CH4 concentration (albeit at trace levels) has increased
since the start of the Industrial Revolution, and it has therefore played a role in recent
increases in global temperature (Houghton 2015). Although large amounts of methane are
produced and stored in marine sediments today, almost 100% of the methane that diffuses
upward toward the sediment surface is consumed, largely by anaerobic oxidation of methane
(AOM), and results in little to no net methane export to the water column (Reeburgh 2007).
However, this may not have always been true in the geologic past (Berner 2004; Payne et al.
2004; Dickens 2011; Gu et al. 2011), nor will it necessarily be true in the future in response
to continued global warming (e.g., Archer 2007).

Modeling of methane cycling in sediments has tended to focus on examining methane
oxidation, specifically AOM (Alperin, Reeburgh, and Whiticar 1988; Martens, Albert, and
Alperin 1999; Hoehler et al. 2000; Ussler and Paull 2008; Lloyd, Alperin, and Teske 2011).
In contrast, less work has been done directly modeling methane production (methanogen-
esis) (Blair, Boehme, and Carter 1993; Wallmann et al. 2006; Burdige 2011; Burdige et al.
2016a). Here we describe a stable isotope reaction-transport model (the SIRT model) that
allows us to quantitatively examine pore-water δ13C profiles of methane and dissolved inor-
ganic carbon (DIC) (δ13CCH4 and δ13CDIC). This model builds on our previous modeling
effort examining concentration profiles of DIC, methane, sulfate, and ammonium in anoxic
sediments (the OMSN model; Burdige et al. 2016a). We applied this isotope model to data
recently collected in the anoxic sediments of the Santa Barbara Basin, in the California
Borderland region (Burdige et al. 2016a; Komada et al. 2016), to gain insights into the
controls on methanogenesis and methane oxidation in sediments.

2. Background

a. Methanogenesis

In a general sense, biogenic production of methane (methanogenesis) from particulate
organic carbon (POC) can be written as

POC → L3CO2 + L2CH4, (1)

where L2 and L3 depend on ox, the oxidation state of the carbon in POC (e.g., Burdige
and Komada 2011; note that all parameters and variables used here are defined in Table 1).
For example, if ox = 0 (i.e., POC is CH2O), L2 and L3 are both one-half. In our past
and present work, we have assumed ox = −0.7 (Burdige and Komada 2015; Burdige et al.
2016a), based on a compilation of results from a wide range of studies of naturally occurring
organic matter (Burdige 2007; although also see recent discussions in Arning, van Berk,



2016] Burdige et al.: Methane dynamics in Santa Barbara Basin sediments 279

Table 1. List of variables and parameters.

Term Description Value Units

ACP(z) Depth distribution of the rate of authigenic calcium
carbonate precipitation

(a) mM y−1

AOMr Rate of anaerobic oxidation of methane (AOM; see
equation A1b)

AOM13 Rate of anaerobic oxidation of 13C methane (see equation
26)

mM y−1

AOM12 Rate of anaerobic oxidation of 12C methane (see equation
25)

mM y−1

Ds
x Bulk sediment diffusion coefficient for species x corrected

for tortuosity (θ2; see equation A11), using the modified
Weissberg equation (Boudreau 1997):

Ds
x = Do

x

θ2 = Do
x

1−2 ln ϕ

cm2 y−1

Do
x Seawater, free solution diffusion coefficient for species x (b) cm2 y−1

D Concentration of DIC, where D = D12 + D13 (c) mM
DMP Rate of DIC production attributable to methanogenesis (see

equation A4a)
mM y−1

DMP13Acf Rate of DIC production attributable to methanogenesis in
the Acf kinetic model for methanogenesis (see equations
23 and A6a)

mM y−1

DMP13C2r Rate of DIC production attributable to methanogenesis in
the C2r kinetic model for methanogenesis (see equations
19 and A5a)

mM y−1

D1x Concentration of 1xC-DIC (DI1xC) [x = 2 or 3] (c) mM
� A parameter that converts carbon concentrations in units of

wt% C to mM and is given by � = 104 · (ρds/12)
1−ϕ
ϕ

(d) mM wt% C−1

fS A function that inhibits the occurrence of methanogenesis
when sulfate concentrations are above some threshold
value (see equations 29 or 30)

(d)

Gi Concentration of metabolizable particulate organic carbon
(POC) in fraction i (i = 1–3)

(e) wt% C

Ka AOM half-saturation constant (Dale et al. 2008) 1 mM
kaom First-order rate constant for AOM (f) y−1

ki First-order rate constant for Gi degradation (i = 1–3) (f) y−1

Kin A parameter that controls the steepness of the transition of
fS (equation 29) from 0 to 1 that occurs around the
sulfate concentration S∗

(f) mM

Km Half-saturation constant for organoclastic sulfate reduction
(oSR) (Burdige and Komada 2011)

0.5 mM

L2 Ratio of sulfate reduced per mole of POC oxidized during
oSR or moles of methane produced per mole of POC
oxidized during methane production, given by
L2 = (4 − ox)/8

0.59

(Continued)
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Table 1. Continued.

Term Description Value Units

L3 Ratio of the moles of DIC produced per mole of POC
consumed during methane production, given by
L3 = (4 + ox)/8 = 1 − L2

0.41

M Concentration of methane, where M = M12 + M13 (c) mM
MP Rate of methane production (see equations 12 and A1a) mM y−1

MP13Acf Rate of 13C-methane production in the Acf kinetic model
for methanogenesis (see equations 22 and A3a)

mM y−1

MP13C2r Rate of 13C-methane production in the C2r kinetic model
for methanogenesis (see equations 16 and A2a)

mM y−1

M1x Concentration of 1xC methane (1xCH4) (x = 2 or 3) (c) mM
ox Carbon oxidation state in POC −0.7
r13
Gi

13C/C ratio in POC fraction Gi ; derived from δi as
described in Komada et al. (2013)

S Concentration of sulfate (c) mM
S∗ The sulfate concentration around which fS transitions from

0 to 1 (see equation 29)
(f) mM

z Sediment depth (positive downward) cm
αAcf Methanogenesis fractionation factor in the Acf kinetic

model (see equation 21)
(g)

αAOM AOM fractionation factor (see equation 25) (g)
αC2r Methanogenesis fractionation factor in the C2rkinetic

model (see equation 15)
(g)

δi δ13C value for Gi(i = 1−3) (g) ‰
δJlbD δ13C value of the basal diffusive DIC flux (g) ‰
δJlbM δ13C value of the basal diffusive methane flux (g) ‰
εC Isotope separation factor (see equation 2) ‰
ν Porewater advection (d) cm y−1

ϕ Sediment porosity (h)
ω Sediment accumulation (burial) rate (d) cm y−1

Notes: (a) See the Appendix and Burdige et al. (2016a) for a discussion of this depth-dependent
function. (b) See Table 2. (c) Dependent variable. (d) For these parameters, a single value is not used
because the parameter changes either directly or indirectly with depth. In the latter case, for example,
because porosity (ϕ) varies with sediment depth, so does � and the various Ds values (because they
are all a function of ϕ). For details, see Burdige et al. (2016). (e) Depth profiles of each Gi fraction
were obtained by solving the reaction-transport equation for each fraction (equation A8) during the
course of fitting the OMSN (organic matter/sulfate/nitrogen) model to the inorganic pore-water results
(Burdige et al. 2016). (f) A best-fit parameter obtained by fitting the OMSN model to the inorganic
pore-water results (Burdige et al. 2016). (g) Adjustable fitting parameter in the SIRT (stable isotope
reaction-transport) model. (h) Porosity variations as a function of depth are reported in Komada et al.
(2016). Also see equation (A13).
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and Schulz 2016). Such a value of ox indicates that the organic material is H enriched and
O depleted relative to cellulose/carbohydrate (CH2O).

Methanogenesis typically occurs once sulfate is depleted, and in early diagenesis,
reaction-transport (RT) models the rates of methane production and DIC production by
methanogenesis are generally expressed as being first order with respect to the amount
of reactive organic matter present, corrected for the stoichiometry of equation (1) (e.g.,
see equations 12 and 14). In actuality, though, methanogenesis (equation 1) is a multistep
process (e.g., Fenchel, King, and Blackburn 1998; Megonigal, Hines, and Visscher 2003;
Burdige and Komada 2015) in which POC is sequentially broken down first into smaller
molecules by hydrolysis and/or oxidative cleavage followed by fermentation, eventually
leading to CO2, H2, and a limited number of small organic molecules (e.g., acetate). When
sulfate is absent, these compounds are then used in the terminal remineralization process
by methanogenic bacteria to make methane. In most marine sediments, methanogenesis
specifically occurs by CO2 reduction (also sometimes referred to as carbonate reduction
or hydrogenotrophic methanogenesis because H2 is consumed in this process; see equa-
tion 6) and acetate fermentation (also sometimes referred to as acetate dissimilation or
acetoclastic methanogenesis; see equation 20). Although there are other forms of methano-
genesis, involving what are often referred to as noncompetitive substrates, for example
methyl amines (see Kelley et al. 2014; Kelley, Chanton, and Bebout 2015; and references
therein), CO2 reduction and acetate fermentation are generally the predominant types of
methanogenesis that occur in most anoxic aquatic environments (Whiticar 1999).

As a general rule, CO2 reduction dominates methanogenesis in marine sediments,
whereas acetate fermentation dominates in freshwater systems (Blair 1998; Whiticar 1999;
Hornibrook, Longstaffe, and Fyfe 2000; Canfield, Thamdrup, Kristensen 2005; Conrad
2005). Substrate (organic carbon) availability and availability of more efficient oxidants
(i.e., sulfate in marine systems) appear to play major roles here, with low substrate avail-
ability and/or high availability of these other oxidants tending to favor the occurrence of
CO2 reduction. Although these controlling factors generally tend to divide these two path-
ways of methanogenesis between marine and freshwater settings, there are a number of
exceptions to this general trend (see any of the studies cited previously for details).

Methanogenesis strongly fractionates carbon isotopes such that the methane being pro-
duced is notably depleted in 13C relative to the substrate and therefore has very negative
δ13C values, less than –60‰ (Whiticar 1999; Conrad 2005). The resulting DIC is therefore
enriched in 13C and has a much more positive δ13C value than that of methane. In the envi-
ronment, we can describe this fractionation in terms of the isotope separation factor (εC)

between DIC and methane as follows:

εC = δ13CDIC − δ13CCH4, (2)

where εC is typically less than 55‰ for acetate fermentation and greater than 65‰ for
CO2 reduction (Whiticar 1999). Thus, although CO2 reduction tends to fractionate carbon
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isotopes more than acetate fermentation, the controls on this fractionation, especially in the
environment, are not fully understood.

b. Kinetic isotope fractionation

If a reaction with rate R fractionates the isotopes of reactant C, then we can define a
fractionation factor α as

α = RL/CL

RH /CH

, (3)

(e.g., Rees 1973; Chernyavsky and Wortmann 2007) where the subscripts L and H represent
the light (e.g., 12C) and heavy (e.g., 13C) isotopes, respectively. If, for example, this reaction
is assumed to be a first-order process with respect to C, this equation can be simplified such
that α represents the ratio of the two associated rate constants (i.e., kL/kH ; Whiticar 1999).
Based on this equation, RH is given by,

RH = CH

αC − (α − 1)CH

R (4)

where R = RH + RL and C = CL + CH .

3. Field data

a. Study site and sample collection

The pore-water data examined here were obtained from sediment cores collected in the
center of Santa Barbara Basin (590 m water depth), one of the inner basins of the California
Borderland (Emery 1960). Santa Barbara Basin is low in dissolved O2 below the basin
sill depth of 475 m (Sholkovitz 1973), and these low bottom-water oxygen concentrations
result in sediments in the central part of the basin being anoxic and varved (Soutar and Crill
1977; Reimers et al. 1996). The bottom-water dissolved O2 concentration at the time of our
sampling was ∼2 μmol kg−1 (Komada et al. 2016).

Sediment cores were collected using a gravity corer and a multicorer onboard R/V Robert
Gordon Sproul in August 2012, and R/V New Horizon in August 2013. Details about coring
and pore-water collection, processing, and analysis can be found in Komada et al. (2016).
Because all these data have been described previously (Komada et al. 2016), only a very
brief description of these results is presented in the next section.

b. Field results

Sulfate, methane, and DIC pore-water profiles indicate that sulfate reduction occurs in the
upper ∼125 cm of Santa Barbara Basin sediments (referred to as the SO2−

4 zone), and that
methanogenesis occurs below this depth (Fig. 1). From these observations, we defined the
125 ± 20 cm depth interval as the sulfate-methane transition zone (SMTZ) (Komada et al.
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Figure 1. Depth profiles of pore-water sulfate and methane (a) and dissolved inorganic carbon (DIC)
(b) concentrations in Santa Barbara Basin sediments (data from Komada et al. 2016). Closed
symbols are 2012 data, open symbols are 2013 data, and samples from each year represent data
from several cores (multicores and gravity cores). In panel (a), sulfate symbols are triangles, and
methane symbols are circles. In all three panels, the solid lines represent the best fit of the OMSN
(organic matter/sulfate/nitrogen) model to the data (Burdige et al. 2016a). The horizontal dotted
lines here and in all other figures at 105 cm and 145 cm represent the upper and lower limits of
the sulfate-methane transition zone (SMTZ) as defined in Komada et al. (2016). Concentrations
of total reactive organic carbon (Gt ) and reactive carbon in the G1, G2, and G3 fractions (c); the
latter are based on results from the fit of the OMSN model to the inorganic pore-water results (see
equation A8 and discussions in Burdige et al. 2016a). POC, particulate organic carbon.

2016). Both the DIC and SO2−
4 profiles show curvature in the uppermost ∼30 cm of sediment

and in the SMTZ but were approximately linear in between. The DIC profile also showed a
distinct slope break across the SMTZ, which is likely due to a combination of a decreased
rate of DIC production (per mole of POC oxidized) in the deeper methanogenic sediments
and an enhanced rate of DIC production in the SMTZ by AOM. Methane concentrations are
<1 mM above the SMTZ but increase sharply through this zone. Curvature in the methane
profile through the SMTZ is consistent with the occurrence here of AOM (Reeburgh 2007).

At the base of the pore-water DIC profile (4.6 m below the seafloor), the data indicate the
occurrence of a small upward diffusive DIC flux, which was incorporated into a model of the
DIC results as a flux boundary condition at the lower boundary (Burdige et al. 2016a). The
methane data have also been modeled assuming there is an upward flux of methane from
below the lower boundary. This is based on observations in Santa Barbara Basin sediments
(Burdige et al. 2016a) and nearby Santa Monica Basin sediments (Burdige and Komada
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Figure 2. Depth profiles of pore-water δ13CCH4 (a) and δ13CDIC (b) in Santa Barbara Basin sediments
(data from Komada et al. 2016), along with best fits of the SIRT (stable isotope reaction-transport)
model (using either the C2r or Acf kinetic expressions for methanogenesis) to the data. Best-fit
parameters are listed in Table 3. (c) Depth profiles of the dissolved inorganic carbon (DIC)–methane
isotope separation factor, εC , calculated using equation (2). Shown here are values derived from the
model results in panels (a) and (b), along with calculated values based on pore-water data. There
are fewer results here than in either panels (a) or (b) because we do not have matched pairs of
isotope results for all samples.

2011), which show that the slopes of pore-water sulfate/DIC property-property plots cannot
be explained without the existence of an external source of methane to the sediments that is
uncoupled from contemporaneous surface organic carbon fluxes. Decomposing gas hydrates
are one possibility for this source, although another possibility is biogenic (or perhaps
thermogenic) methane production hundreds of meters below the seafloor stimulated by
increasing sediment temperatures associated with the sediment geothermal gradient (see
Sections 6a.ii and 6b for details).

Values of δ13CDIC decreased with sediment depth from approximately −1‰ in the bottom
water to a broad minimum of −24‰ in the SMTZ and then increased with depth to +1‰
at the base of the profile (Fig. 2b). The decrease in δ13CDIC from the sediment surface to
the SMTZ is consistent with production of isotopically light (13C-depleted) DIC from (a)
remineralization without isotope fractionation of marine POC, whose δ13C value is typically
approximately −21‰, by organoclastic sulfate reduction (oSR; see Section 4b), and (b)
AOM, which fractionates against 13CH4 and therefore produces extremely 13C-depleted
DIC from the 13C-depleted CH4 diffusing into the SMTZ (Fig. 2a). The increase in δ13CDIC

below the SMTZ is consistent with the addition of isotopically heavy (13C-enriched) DIC
with depth, given the known carbon isotope fractionation associated with methanogenesis
by either CO2 reduction or acetate fermentation (Whiticar 1999; Conrad 2005).

Above the SMTZ, δ13CCH4 increased with decreasing depth from a sharp minimum of
approximately −94‰ (Fig. 2). This enrichment of 13CH4 above the SMTZ, which occurs as
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methane is consumed by AOM, is consistent with the known isotope fractionation associated
with AOM (see Section 4b; Alperin, Reeburgh, and Whiticar 1988; Whiticar 1999; Conrad
2005). The increase in δ13CCH4 with depth below the SMTZ is consistent with the occurrence
of methanogenesis via CO2 reduction when the substrate DIC also becomes increasingly
enriched in 13C with depth (Whiticar 1999, and references therein). This increase in δ13CCH4

may also be related to the occurrence of an upward flux of CH4 from depth (i.e., below the
lower model boundary) that is relatively enriched in 13C as compared with the CH4 in these
pore waters. This point will be discussed in greater detail in Sections 6a.ii and 6b.

4. Model formulation

The SIRT model described here is a steady-state RT model based on a similar model
(the OMSN model) for pore-water sulfate (S), DIC (D), methane (M), ammonium (A),
and calcium (Ca) and reactive solid phase POC (POC or G in the model equations). The
OMSN model is described in detail in Burdige et al. (2016a). Both models assume that
there are three pools of reactive organic matter undergoing remineralization, and model
equations include the following: the transport processes diffusion, sediment burial, and pore-
water advection driven by sedimentation and compaction; POC remineralization by oSR
and methanogenesis; AOM; ammonium regeneration coupled to oSR and methanogenesis;
and authigenic calcium carbonate precipitation. Rate expressions for these biogeochemical
processes are discussed in the Appendix and in Burdige et al. (2016a).

Equations for D13 (DI13C) and M13 (13CH4) in the SIRT model were based on the
analogous equations for total DIC and methane in the OMSN model, with rate expressions
modified as described subsequently to take into account methane and DIC carbon isotope
fractionation associated with methanogenesis and AOM, DI13C production during oSR, and
DI13C removal by authigenic carbonate precipitation. The equations in the SIRT model are
listed in the Appendix.

a. Kinetic models for methane formation and isotope fractionation

In this section, we develop kinetic models for methane production and the associated
carbon isotopic fractionation during the two primary types of methanogenesis. We call
these the “CO2 reduction” model (C2r) and the “acetate fermentation” model (Acf ).

i. CO2 reduction model (C2r) Here we assume that methanogenesis can be written as a
two-step process (e.g., Shoemaker and Schrag 2010; Archer, Buffett, and McGuire 2012):

POC → CO2 + 4 − ox

2
H2 (5)

CO2 + 4H2 → CH4 + 2H2O. (6)

Because the oxidation state of the carbon in POC is taken to be ox (see Section 2a and
Table 1), if, for example, ox = 0, then 2 moles of H2 are produced per mole of POC
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oxidized. With ox = −0.7, equation (5) makes slightly more hydrogen per mole of POC
oxidized.

The rate of POC consumption in equation (5) is written as follows (e.g., Berner 1980;
Burdige et al. 2016a):

dG

dt
= −kG, (7)

while DIC production in equation (5) is

dD

dt

∣∣∣∣
prod

= kG, (8)

and H2 production is

dH2

dt

∣∣∣∣
prod

= 4 − ox

2
kG = 4L2kG. (9)

We next assume that there is a very tight coupling between H2 production and consump-
tion in this reaction sequence. This results in pore-water H2 concentrations being kept at
very low levels, which is a common observation in anoxic marine sediments (Lovley and
Goodwin 1988; Hoehler et al. 1998) and further allows us to assume that H2 production
and consumption at any sediment depth are always equal one another. If we define RHC as
the rate of H2 consumption in equation (6), then the net production of H2 is

dH2

dt

∣∣∣∣
net

≡ 0 = 4L2kG − RHC, (10)

and therefore,

RHC = 4L2kG. (11)

Based on the stoichiometry of equation (6), the rate of methane production (MP) is then

dM

dt
= 1/4RHC = L2kG(≡ MP) (12)

Note that this kinetic expression is identical to the rate expression for methanogenesis used
in the OMSN model (Burdige et al. 2016a; also see equation A1a in the Appendix).

Mass balance in equation (6) indicates that DIC consumption is given by

dD

dt

∣∣∣∣
cons

= dM

dt
= L2kG, (13)



2016] Burdige et al.: Methane dynamics in Santa Barbara Basin sediments 287

and that net DIC production by the two-step C2r process (combining equations 8 and 13) is

dD

dt

∣∣∣∣
net

= kG − L2kG = (1 − L2)kG = L3kG (14)

because 1 − L2 = L3 (Table 1). Again this equation is identical to the expression for DIC
production (from methanogenesis) used in the RT equations in the OMSN model (Burdige
et al. 2016a; also see equation A4a in the Appendix).

To derive the corresponding expressions for 13CH4 (M13) and net DI13C (D13) produc-
tion by equations (5) and (6), we assume that there is no isotope fractionation during equation
(5) (e.g., Corbett et al. 2013a) and that all fractionation occurs solely during equation (6).
Based on equation (3), the α value for equation (6) is

αC2r = MP12/D12

MP13/D13
, (15)

where MP1x is the rate of methane (1xCH4) production from DI1xC, and D1x is the con-
centration of DI1xC.

Based on equation (3), MP13 in the C2r process is given by

MP13C2r = D13

αC2rD − (αC2r − 1)D13
MP =

(
D13

αC2rD − (αC2r − 1)D13

)
L2kG, (16)

where D equals D12 + D13.
For net production of D13 by the C2r process, we first remember that there is no fractiona-

tion during equation (5) (i.e., the initial production of D13). Therefore, the initial production
of D13 will be proportional to the concentration of PO13C (13G) as in equation (6):

dD13

dt

∣∣∣∣
prod

= kr13
G G, (17)

where 13G = r13
G G and

r13
G = (13C/C)G. (18)

This ratio is ultimately determined from the δ13C value of the organic matter (G) producing
methane (for details, see, e.g., Komada et al. 2013). By analogy with equation (13), dM13

dt
=

dD13
dt

∣∣
cons, and recalling that dM13

dt
is the same as MP13, net D13 production by the C2r

process (DMP13C2r) is the difference between equations (17) and (16):

DMP13C2r = k r13
G G −

(
D13

αC2rD − (αC2r − 1)D13

)
L2 kG. (19)
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ii. Acetate fermentation model (Acf) In the Acf model, we assume that methanogenesis is
approximated by

POC → acetate → L3CO2 + L2CH4, (20)

where L2 and L3 are defined in Table 1 (also see equation 1). Here we assume that there
is no overall fractionation during acetate production from POC (Conrad 2005; Heuer et al.
2010; Conrad et al. 2014), although there may be intramolecular fractionation between
the methyl and carboxyl groups during acetate production (Blair, Martens, and DesMarais
1987; Alperin et al. 1992). Any such fractionation, plus any fractionation associated with
subsequent methane production by the second half of equation (20), is included in an α value
for the entire process. Ultimately, this implies that in the Acf model there is instantaneous
isotope mass balance between the original POC and the methane and DIC products (see
related discussion in Blair 1998; Corbett et al. 2013b).

Based on equation (3), the α value for methane production in the Acf model is

αAcf = MP12/12G

MP13/13G
. (21)

A comparison of this equation with equation (15) illustrates the key difference between the
C2r and Acf models—namely, that fractionation in the latter model is expressed relative
to the parent organic matter, whereas in the former it is expressed relative to the DIC pool.
The significance of this will be discussed further in the beginning of Section 6.

With this definition of αAcf, equations (4) and (12) can be used to express MP13 during
acetate fermentation as

MP13Acf =
13G

αAcfG − (αAcf − 1)13G
MP =

(
r13
G

αAcf − (αAcf − 1)r13
G

)
MP

=
(

r13
G

αAcf − (αAcf − 1)r13
G

)
L2kG.

(22)

The production of D13 via acetate fermentation is then equal to the total loss of 13Gminus
that which is converted to M13 (i.e., equation 22), and so,

DMP13Acf = k r13
G G −

(
r13
G

αAcf − (αAcf − 1)r13
G

)
L2kG (23)

b. Isotope fractionation during AOM, oSR, and authigenic carbonate precipitation

AOM can be written as

CH4 + SO2−
4 → HCO−

3 + HS− + H2O (24)
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and is known to fractionate against 13CH4 producing DIC that is depleted in 13C and leaving
behind methane that is enriched in 13C (Alperin et al. 1988; Whiticar 1999). Therefore, AOM
isotope fractionation must also be incorporated into the RT equations for D13 and M13.

Based on equation (3),

αAOM = AOM12/M12

AOM13/M13
(25)

and based on equation (4), AOM13 (the rate of anaerobic oxidation of 13CH4) is given by

AOM13 = M13

αAOMM − (αAOM − 1)M13
AOMr, (26)

where AOMr is the rate of total AOM (= AOM12 + AOM13; see equation A1b in the
Appendix).

In contrast, we assume that there is no carbon isotope fractionation during oSR (Boehme
et al. 1996; Lapham, Proctor, and Chanton 1999; Corbett et al. 2013a):

POC + L2SO2−
4 → HCO−

3 + L2HS−, (27)

where L2 also represents the moles of sulfate reduced per mole of POC oxidized (see
Table 1). The production of D13 by oSR is therefore obtained by multiplying the rate
expression for total oSR by the value of r13

G (equation 18) for the organic matter being
degraded (e.g., compare the relevant rate expression for oSR in equation A4 with that in
either equation A5 or A6).

Finally, our previous results (Komada et al. 2016) and those of earlier studies of Santa
Barbara Basin sediments (Sholkovitz 1973; Reimers et al. 1996; Berelson et al. 2005) all
show decreases in pore-water Ca2+ with sediment depth, which have been interpreted as
being the result of authigenic calcium carbonate precipitation,

Ca2+ + CO2−
3 → CaCO3(s). (28)

Because carbonate precipitation does not result in significant 13C fractionation (Zeebe and
Wolf-Gladrow 2001), we simply multiply the depth-dependent rate of carbonate precipita-
tion, ACP(z), by the ratio D13/D to account for the loss of pore-water DI13C by carbonate
precipitation (for details, see the next section and equations A5 and A6 in the Appendix).

c. RT model

The RT equations for D13 and M13 in the SIRT model were based on the analogous
equations for total DIC and CH4 in the OMSN model, with rate expressions for the relevant
reactions modified as discussed previously to take into account isotope fractionation asso-
ciated with these processes. Separate sets of RT equations in the SIRT model were used
for the two different kinetic models of methanogenesis described in the previous sections.
These RT equations are listed in the Appendix.
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Table 2. Diffusion coefficients and bottom-water concentrations.

Solute Do (cm2 y−1)a Co (mM) δ13C (%)

DIC (HCO−
3 ) 192.1 2.3b −0.95b

Methane 275.2 0c d

Notes: a Seawater, free solution diffusion coefficients at 5◦C (bottom-water temperature). Taken from
Schulz and Zabel (2006). Diffusion coefficients for dissolved inorganic carbon (DIC) and methane
were used for DI13C and 13CH4. b Average bottom-water values measured in hydrocast samples
(Komada et al. 2016). D13 in the bottom waters was determined with standard isotope equations using
the bottom-water DIC Co and δ13C values listed here. c Assumed bottom-water value (see Sections
4d and 5). d Based on our assumed bottom-water methane concentration, this value is undefined (also
see Section 5).

In the SIRT model equations, the kinetic rate expressions for C2r and Acf derived in
Sections 4a.i and 4a.ii are written as the sum of equations for each of the three fractions
of organic matter undergoing remineralization (e.g., see equations such as A1a or A2a in
the Appendix for details). Rate expressions in the Appendix convert rates of solid POC
loss to rates of soluble DIC and methane production, using the parameter � defined in
Table 1. Rate equations for methanogenesis were also modified to account for the fact
that methanogenesis is inhibited when sulfate concentrations are above some threshold
concentration. This is done using the inhibition function fS , which equals 0 above some
threshold sulfate concentration and equals 1 below this threshold concentration (Table 1).
This function is discussed in greater detail in Section 6a.i.

d. Fitting the model to the isotope data

To solve the SIRT model (i.e., equations A2 and A3 or A5 and A6), we used results from
fits of the OMSN model (Burdige et al. 2016a) to the major solute data (sulfate, methane,
and DIC) collected from the same cores from which the pore-water isotope data (δ13CDIC

and δ13CCH4) came (see Table A1 in the Appendix for a list of the best-fit parameters
obtained by fitting the OMSN model to this major solute data). Note that the RT equations
from the OMSN model for the three major solutes are also included in the Appendix. As
with the OMSN model, the RT equations for M13 and D13 in the SIRT model were solved
numerically in MATLAB using finite difference approximations and the method of lines
technique with variable grid spacing (Schiesser 1991; Boudreau 1997; Burdige et al. 2016a).
A complete copy of the MATLAB script of the model is available from the corresponding
author.

The upper boundary condition of the model solutions was measured (D13) or assumed
(M13) bottom-water concentrations (Table 2), while a diffusive flux boundary condition
was applied at the base (4.6 m) of the model domain (see Sections 3b and the Appendix
for details). These basal fluxes were based on the diffusive fluxes of total methane and DIC
obtained with the OMSN model (see Table A1 in the Appendix), and the δ13C values of the
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basal fluxes, which were adjustable parameters used to fit the SIRT model to the isotope
data.

Fitting the SIRT model to the pore-water isotope data involved first converting model-
derived depth profiles of D13 and M13 to depth profiles of δ13CDIC and δ13CCH4 using
OMSN model results and standard equations for δ notation. Model-derived isotope depth
profiles were then fit to the δ13CDIC and δ13CCH4 pore-water data by adjusting the following:
the δ13C values of the three organic matter fractions undergoing remineralization (δi ); the
fractionation factors for methanogenesis (αC2r or αAcf , depending on which set of kinetic
expressions were being used in the model equations); αAOM; and the δ13C values of the
upward, basal methane and DIC fluxes (δJlbM and δJlbD, respectively). The best-fit values of
these parameters were obtained using a Monte Carlo fitting technique described in Burdige
et al. (2016a).

5. Model results

Best-fit solutions of the SIRT model to the Santa Barbara Basin sediment isotope
data using either the C2r or the Acf kinetic expressions for methanogenesis resulted in
near-identical fits of the models that accurately reproduced the δ13CCH4 and δ13CDIC pro-
files (Fig. 2). For δ13CCH4, the r2 values of the fits to the data were ∼0.91, while the r2

values for the fits to the δ13CDIC data were ∼0.95. In and around the SMTZ, the model
fits reproduced the broad subsurface minimum in the δ13CDIC depth profile and the much
sharper (angular) minimum in the δ13CCH4 depth profile.

As the isotope models are currently formulated they cannot estimate the value of δ13CCH4

in the bottom waters because we assume that the methane concentration in the bottom waters
is zero (Table 2), and therefore, δ13CCH4 at z = 0 cm is undefined. However, the model-
derived value of δ13CCH4 just below the sediment-water interface is around −40‰ (Fig. 2),
which agrees well with δ13C values of the trace levels of methane in Santa Barbara Basin
bottom water and surface sediment (5 cm) pore waters, which collectively range from –20‰
to –60‰ (Kessler et al. 2008). Furthermore, given the range of methane concentrations we
see in the sediments (0 to up to ∼9–10 mM; see Fig. 1), the measured methane concentration
in Santa Barbara Basin bottom water, ∼40–50 nM (Kessler et al. 2008), is indistinguishable
from 0 mM within the context of our pore-water and model results.

Model results predict δ13C values for the three fractions of organic matter undergoing rem-
ineralization in these sediments (i.e., δ1–δ3) that range from –20.7‰ to –21.3‰ (Table 3).
These values agree well with similar estimates of these quantities based on modeling pore-
water dissolved organic carbon (DOC) concentrations and isotope depth profiles from these
sediments (–20.8‰ to –22.6‰; Burdige et al. 2016b), as well as with the δ13C value of reac-
tive POC in these sediments (–20.5 ± 0.6‰) determined with an isotope mixing-reaction
plot (Komada et al. 2016). Similarly, an estimate of the δ13C of the upward DIC flux based
on an isotope mixing-reaction plot for pore-water DIC (45 ± 3‰; Komada et al. 2016) is
close to, but smaller than, model-derived estimates here of the same quantity, δJlbD (70 ±
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Table 3. Summary of fitting results.

Parameter C2r model Acf model

δ1 −21.1 ± 1.2‰ −21.3 ± 1.1‰
δ2 −20.7 ± 1.5‰ −21.1 ± 1.1‰
δ3 −20.8 ± 1.0‰ −20.9 ± 0.9‰
δJIbD 69.5 ± 9.7‰ 69.6 ± 8.5‰
δJIbM −68.0 ± 1.8‰ −64.3 ± 1.4‰
αC2r 1.109 ± 0.003
αAcf 1.103 ± 0.003
αAOM 1.008 ± 0.001 1.008 ± 0.001

Note: See model results in Figure 2.

10‰; see Table 3). However, a fit of the model to the data is not terribly sensitive to the
isotopic composition of this DIC flux (also see Section 6a.ii), and using either value of δJlbD

(i.e., 45‰ or 70‰) in model fits results in values of the remaining fitting parameters that
agree with one another to within 1 standard deviation (results not shown here).

Model-derived values of αC2r and αAcf are very similar to each other (1.109 ± 0.003
and 1.103 ± 0.003, respectively; Table 3). Recall, however, that the former defines isotope
fractionation associated with methanogenesis relative to fractionation of the DIC pool,
whereas the latter defines this fractionation relative to the sediment POC pool (compare
equations 15 and 21). Ignoring for now possible explanations for the similarities in the αC2r

and αAcf values, despite the differences in the ways they are defined (which are discussed
in the beginning of Section 6), these two α values fall within the range of values typically
observed for methanogenesis via CO2 reduction (α > 1.065) versus acetate fermentation
(α < 1.055; Whiticar 1999; Conrad 2005).

Another way to examine these model results involves calculating the DIC-methane iso-
tope separation factor, εC , using equation (2). Depth profiles of model-derived values of
this quantity agree very well with direct estimates based on our pore-water data (Fig. 2c).
Below the SMTZ, both the data and model results converge on a value of around +80‰,
which according to Whiticar (1999) is consistent with εC values for methanogenesis by CO2

reduction. As one moves up the sediment column through the SMTZ and into the SO2−
4

zone, the calculated isotope separation decreases to ∼40‰. Likely explanations for this
are twofold. First, isotope fractionation during AOM is much less than it is during methane
production, with εC values in the literature for AOM generally being less than ∼20‰ (e.g.,
Alperin and Hoehler 2009b). This can also be seen here by the comparatively low model-
derived best-fit value of αAOM (1.008; Table 3) versus values of either αC2r or αAcf (∼1.100).
Second, it is important to remember that in the upper SO2−

4 zone of these sediments, oSR,
and not AOM or methanogenesis, adds most of the DIC to the pore waters. Therefore, the
value calculated here for isotope separation between DIC and methane using equation (2)
has little relationship to an εC value for methane-DIC fractionation associated with either
AOM or methanogenesis and cannot be interpreted in this manner.
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The use of either kinetic expression for methanogenesis in the SIRT model results in
identical best-fit values of αAOM, 1.008 ± 0.001 (Table 3). This value falls within the range
of values determined at other sites with a variety of approaches, including RT models (range
1.004–1.037; e.g., Alperin, Reeburgh, and Whiticar 1988; Martens, Albert, and Alperin
1999; Alperin and Hoehler 2009b; Lloyd, Alperin, and Teske 2011). The range of αAOM

values observed at these sites may be related to general site differences, although they
may also be related to differences in the way AOM was modeled (or αAOM determined) in
each of these studies. Nonetheless, this comparison demonstrates that our value of αAOM

agrees well with previously reported estimates of the isotopic fractionation associated with
AOM.

6. Discussion

In using these two different kinetic expressions for methanogenesis in the SIRT model, we
hypothesized that if these different approaches could be related to the specific processes of
CO2 reduction and acetate fermentation, then only one of the two sets of kinetic expressions
would yield reasonable fits to the Santa Barbara Basin sediment isotope data. We also
hypothesized that the model results would reveal best-fit values of αC2r and αAcf that could
be useful in better understanding the mechanisms of methanogenesis in these sediments.
Clearly, the former was not the case (e.g., see Fig. 2), and the latter is somewhat ambiguous
because the two α values are virtually identical despite the differences in the two models of
methanogenesis.

The similarity between αC2r and αAcf may simply be because of the fact that in and above
the SMTZ, oSR and AOM both produce isotopically light DIC — oSR, from remineraliza-
tion (without fractionation) of POC with an isotopic composition of –20‰ to –21‰, and
AOM, which fractionates against 13CH4 and produces extremely 13C-depleted DIC from
the 13C-depleted CH4 that diffuses up into the SMTZ (Fig. 2). Together, these two processes
drive the isotopic composition of the DIC pool down from a bottom-water value near ∼1‰
to a value in the SMTZ and the top of the methanogenic zone that is close to −21‰, which
is similar to that of the POC itself (see Table 3). Therefore, mathematically, the factors
in equations (16) and (22) that convert rates of methanogenesis (MP) to rates of 13CH4

production (MP13)—namely, the expressions in parentheses on the right sides of these two
equations—are likely to be similar in value.

Nevertheless, despite this mathematical ambiguity in the model results, further exam-
ination of other model results and measured isotope values suggests that CO2 reduction
is the dominant type of methanogenesis in Santa Barbara Basin sediments. Specifically,
the two α values determined with the different models (αC2r and αAcf) are both ∼1.100
(see Table 3) and are consistent with those in the literature for methanogenesis by CO2

reduction (Whiticar 1999; Conrad 2005). The same is true for both measured and model-
determined values of εC in the methanogenic sediments (∼80%; see Fig. 2c and Section 5).
In addition, the suggestion that CO2 reduction is the predominant type of methanogenesis
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in Santa Barbara Basin sediments is also consistent with general observations in the liter-
ature discussed in Section 2a. However, we also note that an examination of the hydrogen
isotope composition of methane in Santa Barbara Basin sediments would help resolve this
uncertainty, given the distinct differences in the fractionation of hydrogen isotopes during
methanogenesis by CO2 reduction versus acetate fermentation (Whiticar 1999; Chanton
et al. 2005).

At the same time, a number of other key questions remain regarding the factors controlling
the shapes of the isotope depth profiles, as well as their relationship to carbon dynamics in
the SMTZ. These are discussed in the following sections.

a. What controls the minimum in δ13CCH4 at the base of the SMTZ?

In addition to Santa Barbara Basin sediments (Fig. 2), minima in δ13CCH4 profiles near the
base of the SMTZ have been observed in numerous sedimentary systems (Borowski, Paull,
and Ussler 1997; Martens, Albert, and Alperin 1999; Hoehler et al. 2000; Paull et al. 2000;
Pohlman et al. 2008; Ussler and Paull 2008; Knab et al. 2009; Hamdan et al. 2011; Henkel
et al. 2012; Pohlman et al. 2013; Treude et al. 2014; Yoshinaga et al. 2014). Assuming
that these minima occur where there is near-complete consumption of methane, it has been
suggested that this feature is inconsistent with conventional isotope systematics (Yoshinaga
et al. 2014), presumably because AOM that is responsible for this methane consumption
should result in isotopically heavy (and not light) methane being left behind. Several studies
have suggested that this minimum may result from what is referred to as “intertwined” AOM
and methanogenesis in the SMTZ, in which 13C-depleted DIC produced during AOM is
used by methanogens to make 13C-depleted methane (e.g., Borowski, Paull, and Ussler
1997; Pohlman et al. 2008). In contrast, Yoshinaga et al. (2014) recently presented results
using sediment enrichment cultures that suggest an alternate explanation for such minima
in δ13CCH4 values at the base of the SMTZ (see Section 6a.iii for details).

We examine this problem using Santa Barbara Basin isotope data and model results. First,
we suggest that the minimum in the δ13CCH4 depth profile near the base of the SMTZ, at least
in Santa Barbara Basin sediments, is consistent with conventional isotope systematics, in
part because it can be reproduced by an appropriately parameterized RT model that properly
accounts for the fractionation of carbon isotopes during methanogenesis, AOM, and oSR.
Furthermore, model results here show that the minimum in δ13CCH4 occurs at methane
concentrations of ∼1–2 mM (Fig. 3) and not where there is near-complete consumption of
methane.

In the next two sections, we further examine this problem first from the perspective of
the occurrence and importance of intertwined AOM and methanogenesis in Santa Barbara
Basin sediments. We then show that a sharply defined minimum in δ13CCH4 near the base of
the SMTZ is more likely the result of an upward flux of methane that is slightly enriched in
13C as compared with the methane in the pore waters of the methanogenic sediments above
the lower boundary of the model.
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Figure 3. Model-derived depth profiles of pore-water methane, sulfate, and δ13CCH4 (C2r model)
illustrating that the minimum in δ13CCH4 occurs where sulfate and methane concentrations are both
∼0.5–1 and 1–2 mM, respectively (and slightly above the base of the sulfate-methane transition
zone [SMTZ]). The model results shown here are taken from Figures 1 and 2 and are plotted on
these expanded scales to better illustrate the relationships among these quantities in the SMTZ.
Actual data points are not shown here for clarity of presentation. SIRT (stable isotope reaction-
transport) model results for δ13CCH4 using the Acf kinetic model are also not included here for
clarity and because the results in Figure 2 show that they are near identical to the results obtained
with the C2r kinetic model.

i. Intertwined methanogenesis and AOM In models such as the SIRT model or the OMSN
model, different empirical approaches have been used to inhibit the occurrence of less
efficient (i.e., lower free-energy yielding) remineralization processes when more efficient
(higher free-energy yielding) electron acceptors are present. Here, this specifically involves
the inhibition of methanogenesis when sulfate is present above some threshold concentra-
tion. Because the rate of AOM is also dependent on the sulfate concentration (equation
A1b), this inhibition also impacts how (or even if) AOM and methanogenesis may co-occur
in sediments.
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Figure 4. Model-derived depth profiles of the rates of organoclastic sulfate reduction (oSR), anaerobic
oxidation of methane (AOM), and methanogenesis (MP). The rate expressions for these three
processes are listed in equations (A7), (A1b), and (A1a), respectively, and the depth profiles shown
here used these rate expressions and OMSN (organic matter/sulfate/nitrogen) model–derived best-
fit parameters and depth profiles of Gi(i = 1−3), sulfate (S), and methane (M). The profiles in
the left panel (a) used the complementary error function equation (29) for fS , which allows for
the overlap between AOM and MP in the sulfate-methane transition zone. The profiles in the right
panel (b) used equation (30) for fS , which results in effectively no overlap between AOM and MP
(see Section 6a.i for more details). Note that the model results in Figures 2–4 were obtained with
the same OMSN model results shown here in the left panel.

Mathematically, this inhibition is accomplished in the OMSN and SIRT model equations
by multiplying the rate of methanogenesis by the following form of the complementary
error function (Martens et al. 1998; Burdige et al. 2016a):

fS = 0.5 · erfc

(
S − S∗

Kin

)
∼=

⎧⎨
⎩

1 if S < S∗

0 if S > S∗
(29)

where Kin controls the steepness of the transition of fS from 0 to 1 that occurs around
the sulfate concentration S∗ (see, e.g., plots in Martens, Albert, and Alperin 1998). Values
for both Kin and S∗ were obtained during the fitting of the OMSN model to the major
solute pore-water data (Burdige et al. 2016a). The best-fit value of S∗, 1.0 ± 0.2 mM,
leads to ∼25% of the depth-integrated methanogenesis occurring in the SMTZ (Fig. 4a)
and therefore in co-occurrence with AOM.
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As discussed previously, model results in Figure 2 that use equation (29) for fS accurately
reproduce the minimum in the δ13CCH4 profile near the base of the SMTZ. However, nearly
identical profiles are obtained when we use either the C2r or Acf kinetic expressions
for methanogenesis in our RT equations. Because only the C2r kinetic model directly
“accesses” the pore-water DIC pool to make methane (compare equations 5 and 6 with
equation 20), this suggests that the isotopic composition of DIC in the pore waters, and
therefore production of isotopically light DIC by AOM, does not play a major role in
explaining this observed minimum in δ13CCH4 near the base of the SMTZ. It therefore
also implies that intertwined AOM and methanogenesis may not necessarily be required to
explain this feature in the δ13CCH4 profile.

To further examine this problem, we used a slightly different formulation for fS in which
the inhibition function transitions from 0 to 1 effectively at 0 mM sulfate. This equation,

fS = 10−5

S + 10−5
, (30)

was also used in our earlier modeling studies (Burdige and Komada 2011). Fitting the Santa
Barbara Basin inorganic pore-water data to a modified version of the OMSN model with
the equation (30) version of fS results in there being effectively no overlap between AOM
and methanogenesis (Fig. 4b). Best-fit model-derived pore-water profiles for DIC, sulfate,
and methane using the equation (30) version of fS (not shown here) are extremely similar
to those in Figure 1, which use the equation (29) version of fS . Relative root-mean-square
differences between the pairs of best-fit results for each of these solutes is <2%, as is also
the case for the pair of model-derived profiles of total reactive organic carbon (i.e., Gt in
Fig. 1). Model-derived best-fit parameters obtained with models using either version of fS

agree with one another within 1 standard deviation (results not shown here).
Using this new OMSN model fit to refit the SIRT model to the isotope data (Fig. 5), we see

that a more strict separation of AOM and methanogenesis in the SMTZ has a minor impact
on the model-derived best-fit to the δ13CCH4 data, although model results using equation
(29) for fS do a slightly better job of capturing the sharpness in the minimum in δ13CCH4 at
the base of the SMTZ as compared with model results obtained using equation (30) for fS .
A similar comparison also shows that the choice of fS has little impact on model fits to the
δ13CDIC results. Similarly, when the best-fit SIRT model parameters (δ1, δ2, . . . , δJlbM, δJlbD)

obtained using equation (29) for fS (Table 3) are compared with the equivalent values
obtained with model fits using equation (30) for fS (results not shown here), the comparison
indicates that with the exception of αAOM, the pairs of individual values all agree with one
another to within 1 standard deviation. The αAOM values differed by 0.004 with each pair
of values having uncertainties of 0.001.

In summary then, given the different ways that equations (29) and (30) impact the overlap
of AOM and methanogenesis in the SMTZ, these results further indicate that intertwined
AOM and methanogenesis is not necessarily required to explain the minimum in δ13CCH4

observed at the base of the SMTZ.
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Figure 5. Depth profiles of pore-water δ13CCH4 (a and c; expanded view of the sulfate-methane
transition zone region) and δ13CDIC (b) in Santa Barbara Basin sediments (data from Komada et al.
2016), along with best fits of the SIRT (stable isotope reaction-transport) model (using the C2r

kinetic model for methanogenesis) to the data. One of the two model fits was obtained with OMSN
(organic matter/sulfate/nitrogen) model results that used equation (29) for fS (solid lines), and the
other was obtained using equation (30) for fS (dashed lines). Analogous model results with the
Acf kinetic model for methanogenesis show similar comparative results and are not shown here for
clarity of presentation. Note that the model results shown here that used equation (29) for fS are
the same as those in Figure 2.

ii. The role of upward basal fluxes The model results presented here (Fig. 2 and Table 3)
suggest that an upward basal flux of methane slightly enriched in 13C as compared with
the ambient pore waters may be the reason why we observe a sharply defined minimum in
δ13CCH4 near the base of the SMTZ. To more directly test this suggestion, we first attempted
to refit the OMSN model to the major solute data assuming that the methane and DIC basal
fluxes were equal to zero and then used these results to reexamine the methane and DIC
isotope profiles with the SIRT model.

This approach (Fig. 6) yields a fit to the sulfate data that is virtually indistinguishable from
the fit in Figure 1, in which there are nonzero basal DIC and methane diffusive fluxes. The
fits to the methane data with either type of lower boundary condition are not significantly
different from one another above ∼150 cm, although below this depth the model fit with
no basal flux approaches an asymptotic concentration at depth of ∼12 mM. In contrast, the
original fit (Fig. 2) continues to increase linearly with depth because of the presence of an
upward basal methane flux. The two fits to the DIC data are in good agreement above the
SMTZ, although the fits result in slightly different DIC concentrations at depth because of
the presence/absence of a DIC basal flux.

Using the results in Figure 6, we then fit the SIRT model to the isotope data, and this
is shown in Figure 7. With no basal DIC and methane fluxes, best-fit solutions of the
SIRT model to the δ13CDIC data using either kinetic model of methanogenesis reproduce
the general shape of the profile and are not significantly different than the model results
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Figure 6. Depth profiles of pore-water sulfate (a), methane (b), and dissolved inorganic carbon (DIC)
(c) concentrations in Santa Barbara Basin sediments (data from Komada et al. 2016), along with
the best-fit of the OMSN (organic matter/sulfate/nitrogen) model to the data (Burdige et al. 2016a)
assuming nonzero methane and DIC basal fluxes (solid lines), and zero methane and DIC basal
fluxes (dashed lines; see Section 6a.ii for details). Note that the model results shown here with
nonzero basal fluxes are the same as those in Figure 1.

in Figure 2, which include basal DIC and methane fluxes. This likely occurs because the
addition of isotopically enriched (heavy) DIC during methanogenesis, as evidenced by the
positive εC value observed here (= 80%; see equation 2), causes the δ13CDIC profile to turn
around from the very negative δ13C values for the DIC in the SMTZ. The resulting minimum
in the δ13CDIC profile is therefore somewhat independent of the isotopic composition of the
basal DIC flux, which appears to have a minor impact on the shape of the δ13CDIC profile.

In contrast, the absence of a basal methane flux in solutions of the SIRT model using
either kinetic model of methanogenesis fails to reproduce the shape of the δ13CCH4 profile
(Fig. 7a). With the Acf kinetic model, δ13CCH4 is essentially invariant with depth below the
SMTZ, and using the C2r kinetic model, δ13CCH4 only goes through a small (∼3‰–4‰)
minimum below the SMTZ. However, neither of these results accurately reproduces the
shape of the δ13CCH4 methane profile as compared with the results in Figure 2. Because
methanogenesis produces extremely isotopically depleted (light) methane, in the absence
of an upward basal flux of relatively 13C-enriched methane, δ13CCH4 remains low and
roughly invariant with depth below the SMTZ. In contrast, an upward flux of relatively
13C-enriched methane then results in the observed sharp minimum (turn around) in the
δ13CCH4 profile near the base of the SMTZ. Possible sources of this methane are discussed in
Section 6b.
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Figure 7. Depth profiles of pore-water δ13CCH4 (a) and δ13CDIC (b) in Santa Barbara Basin sediments
(data from Komada et al. 2016), along with “fits” of the SIRT (stable isotope reaction-transport)
model to the data (using both kinetic expressions for methanogenesis) based on OMSN (organic
matter/sulfate/nitrogen) model results with zero methane and dissolved inorganic carbon (DIC)
basal fluxes (see Fig. 6).

iii. Carbon isotope equilibration as a possible explanation for minima in δ13CCH4 at the
base of the SMTZ In a recent study, Yoshinaga et al. (2014) showed that carbon isotope
equilibration between methane and DIC occurred during sulfate-limited AOM with enrich-
ment cultures isolated from methane seep surface sediments on Hydrate Ridge (northeast
Pacific Ocean) and from Amon Mud Volcano (eastern Mediterranean). They further argued
that this phenomenon may be a better explanation for minima in δ13CCH4 pore-water pro-
files near the base of the SMTZ than coupled (intertwined) AOM and methanogenesis in
the SMTZ. We too have shown that coupled AOM and methanogenesis is not required to
explain this feature in pore-water δ13CCH4 profiles (Section 6a.i). However, our results also
suggest that this type of isotope equilibration may not be required to explain this feature,
because the type of isotope equilibration they observed is not included in the SIRT model
as it is currently formulated.

Related to this suggestion, Alperin and Hoehler (2009a) highlighted some of the differ-
ences between what they termed “classical” and “nouveau” AOM environments. Based on
their classification, Santa Barbara Basin sediments would clearly be considered a diffusion-
controlled “classical” AOM setting, whereas the sediments studied by Yoshinaga et al.
(2014) would be considered fluid advection- and/or ebullition-controlled “nouveau” set-
tings. Given some of the differences between these types of AOM environments discussed
by Alperin and Hoehler (2009a), it seems likely that these differences might also explain
why our model can successfully reproduce a minimum in the pore-water δ13CCH4 profile
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near the base of the SMTZ without incorporating into the model equations carbon iso-
tope equilibration between methane and DIC during AOM. We also note that many of the
other sites where such minima in δ13CCH4 profiles occur (see references at the beginning
of Section 6a) would also be classified as “classical” (diffusion-controlled) AOM settings.
Thus, the significance of an upward methane flux as an explanation for this minimum in
δ13CCH4 pore-water profiles may not be limited to Santa Barbara Basin sediments but may
also be applicable to other “classical” AOM sites, and the type of isotope equilibration
observed by Yoshinaga et al. (2014) may not occur universally in all aquatic systems where
AOM occurs.

b. The source(s) of deep methane fluxes

In light of these observations, the question then is: What is the source of this deep methane
flux? One possibility is a “deep” geologic hydrocarbon reservoir derived from ancient source
rocks or the decomposition of buried gas hydrate deposits. Buried gas hydrates and gas
deposits are common in many continental margin settings (Bohrmann and Torres 2006),
including the California Borderland region in general and Santa Barbara Basin in particular
(Hill, Kennett, and Spero 2004; Hein et al. 2006; Leifer et al. 2006; Normark, Piper, Sliter
2006; Paull et al. 2008). However, a second source of this methane may be biogenic (or
perhaps thermogenic) methane produced hundreds of meters below the seafloor. This type of
methane production is common in outer continental margin/continental slope sediments and
appears to be stimulated by increasing sediment temperatures associated with the sediment
geothermal gradient (i.e., from bottom-water temperatures of ∼2◦C–3◦C to up to ∼100◦C–
120◦C; Wellsbury et al. 1997; Parkes et al. 2007; Burdige 2011).

Following up on earlier work examining this problem (Burdige et al. 2016a), we note
here that the δ13C of the basal methane flux (–64‰ to –68‰; see Table 3) is heavier than
that of the methane in Santa Barbara Basin pore waters but is still within the range observed
for biogenic methane (Whiticar 1999). This then does not eliminate either of these two deep
methane sources because much of the methane found in gas hydrates and gas deposits is
ultimately biogenic in origin (Bohrmann and Torres 2006).

The methane in deep Santa Barbara Basin sediment pore waters (below 4 m) has a Δ14C
value of almost –600‰ (Komada et al. 2016), and thus the Δ14C content of the upward
methane flux is also expected to be extremely depleted in radiocarbon. This observation
does not eliminate any of the possible deep methane sources discussed at the beginning
of this section. The positive δ13C value of the DIC flux (∼70‰; see Table 3) suggests
that this DIC could also be derived from deep methanogenesis. However, the ratio of the
methane to DIC basal flux (4.5; see results in Table A1 in the Appendix) argues against this
because such a deep biogenic source should result in a flux ratio closer to 1, based on the
stoichiometry of methanogenesis in equation (1).

Unfortunately, the results presented here do not provide any clear insights into the
processes that lead to this upward basal flux of methane (and DIC) in Santa Barbara
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Bain sediments. Earlier attempts to answer this question based solely on examining the
magnitudes of the observed methane, DIC, and ammonium basal fluxes were similarly
equivocal (Burdige et al. 2016a). Nevertheless, minima in δ13CCH4 profiles near the base
of the SMTZ have been seen in a wide range of other sedimentary systems beyond
Santa Barbara Basin sediments (see references at the beginning of this section) illustrat-
ing the importance of active methanogenesis and upward fluxes of methane from deeper
sources in controlling carbon dynamics and isotopic signatures in the SMTZ of such sedi-
ments.

At the same time, these observations further indicate the effectiveness of methane con-
sumption by AOM in the SMTZ as a barrier for the escape of this deep methane from
continental margin sediments to the water column and perhaps the atmosphere. This barrier
is of importance because the size of the gas hydrate methane reservoir, though not well
constrained, is significant, perhaps as large as 15,000 Gt C (Archer 2007). For comparison,
this value is comparable to the global inventory of all other fossil fuels (which also includes
methane found in known gas deposits).

Because methane is a powerful greenhouse gas, understanding the factors that control this
sedimentary barrier to the release of methane trapped in continental margin gas hydrates is
important for addressing questions about past changes in methane cycling that may have
affected global temperatures (see discussions in Berner 2004; Payne et al. 2004; Dickens
2011; Gu et al. 2011). It is also important in examining how the effect of rising bottom-water
temperatures and deoxygenation (two likely outcomes of anthropogenic global warming;
Keeling, Körtzinger, and Gruber 2009; Houghton 2015) will impact this barrier. Although
the impact of the potential release of this methane on future climate may take several
millennia (Archer 2007), such a methane release still has the possibility to act as a more
long-term positive feedback on anthropogenic climate change.

7. Summary and conclusions

A new RT model for δ13CCH4 and δ13CDIC in the anoxic sediments is described. The
model was successfully applied to pore-water profiles of these isotope signatures in Santa
Barbara Basin sediments. Specifically, best-fit solutions of the model to these data accurately
reproduce the broad minimum in the δ13CDIC depth profile and the much sharper (angular)
minimum in the δ13CCH4 depth profile, both of which are seen near the base of the SMTZ.
Such minima in δ13CCH4 profiles near the base of the SMTZ are not unique to Santa Barbara
Basin sediments and have also been observed in other sedimentary systems. These results
also suggest that CO2 reduction is the predominant form of methanogenesis in Santa Barbara
Basin sediments.

Based on these model results, this minimum in the δ13CCH4 profile in Santa Barbara
Basin sediments results from the balance between (1) AOM, which leads to an increase
in δ13CCH4 with decreasing depth in the sediment column through and above the SMTZ;
(2) methanogenesis, which produces 13C-depleted methane, both in and below the SMTZ;
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and (3) an upward flux of CH4 from depth that is relatively enriched in 13C as compared
with the methane in the pore waters within the model domain.

Other explanations in the literature for minima in δ13CCH4 pore-water profiles near the
base of the SMTZ include the co-occurrence of (or intertwined) AOM and methanogenesis,
as well as carbon isotope equilibration between methane and DIC during sulfate-limited
AOM. Our results demonstrate that intertwined AOM and methanogenesis is not necessary
to explain this feature in the δ13CCH4 profile, and that the feature also does not require
methane-DIC isotope exchange during sulfate-limited AOM. We further suggest that the
significance of an upward methane flux as an explanation for this minimum in δ13CCH4

pore-water profiles near the base of the SMTZ may not be limited to Santa Barbara Basin
sediments.

Possible sources of this deep methane include the following: geologic hydrocarbon reser-
voirs derived from ancient source rocks or the decomposition of buried gas hydrate deposits,
or biogenic (or perhaps thermogenic) methane produced hundreds of meters below the
seafloor stimulated by increasing temperatures associated with the sediment geothermal
gradient. Unfortunately, with existing data we are unable to differentiate between the occur-
rences of these possible deep methane sources.

These results illustrate the importance, in general, of active methanogenesis and upward
fluxes of methane from deeper sources in controlling carbon dynamics in the SMTZ. They
further indicate the effectiveness of the SMTZ as a barrier for the escape of this deep
methane from continental margin sediments into the water column and perhaps into the
atmosphere. Understanding these dynamics is important for addressing questions about past
changes in methane cycling that may have affected global temperatures, as well as for how
rising bottom-water temperatures and deoxygenation, two likely outcomes of anthropogenic
global warming, may impact this barrier.
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APPENDIX

a. Reaction transport (RT) equations in the stable isotope reaction-transport (SIRT)
model

i. RT equation for methane

∂M

∂t
= 1

ϕ

∂

∂z

(
ϕDs

∂M

∂z

)
− 1

ϕ

∂

∂z
(ϕνM) − AOMr + MP (A1)

The terms on the right side of this equation represent diffusion, advection driven by
sedimentation and compaction, and the rate expressions for anaerobic oxidation of methane
(AOMr) and methane production (MP), where
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MP = fs �L2

3∑
i=1

kiGi (A1a)

AOMr = kaomSM

Ka + S
. (A1b)

Analogous diffusion and advection terms also appear in the remaining equations shown
subsequently. Equation (A1) is taken from the OMSN (organic matter/sulfate/nitrogen)
model (Burdige et al. 2016a). All variables and parameters used in these model equations
are defined in Table 1.

ii. RT equation for 13CH4 (CO2 reduction model [C2r] model)

∂M13

∂t
= 1

ϕ

∂

∂z

(
ϕDs

∂M13

∂z

)
− 1

ϕ

∂

∂z
(ϕνM13)

−
(

M13

αAOMM − (αAOM − 1)M13

)
AOMr + MP13C2r (A2)

The reaction terms on the right side of this equation represent 13CH4(M13) consumption
by AOM and 13CH4 production in the C2r model (MP13C2r), which is given by

MP13C2r =
(

D13

αC2rD − (αC2r − 1)D13

)
fs � L2

3∑
i=1

kiGi. (A2a)

iii. RT equation for 13CH4 (acetate fermentation [Acf] model)

∂M13

∂t
= 1

ϕ

∂

∂z

(
ϕDs

∂M13

∂z

)
− 1

ϕ

∂

∂z
(ϕνM13)

−
(

M13

αAOMM − (αAOM − 1)M13

)
AOMr + MP13Acf (A3)

In equation (A3), the reaction terms on the right side of the equation represent 13CH4

consumption by AOM and 13CH4 production in the Acf model (MP13Acf), the latter of
which is given by

MP13Acf = fs�L2

3∑
i=1

r13
Gi

αAcf − r13
Gi (αAcf − 1)

kiGi. (A3a)

iv. RT equation for dissolved inorganic carbon (DIC)

∂D

∂t
= 1

ϕ

∂

∂z

(
ϕDs

∂D

∂z

)
− 1

ϕ

∂

∂z
(ϕνD) + �

3∑
i=1

kiGiS

Km + S
+ DMP + AOMr − ACP(z)

(A4)
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The reaction terms on the right side of this equation represent DIC production by organ-
oclastic sulfate reduction (oSR) and methanogenesis (DMP), DIC production by AOM, and
DIC consumption by authigenic carbonate precipitation, ACP(z) (see Equation A9) where

DMP = fs �L3

3∑
i=1

kiGi. (A4a)

Equation (A4) is taken from the OMSN model (Burdige et al. 2016a). The depth distribution
of authigenic carbonate precipitation, ACP(z), used here and in the OMSN model equations
was obtained by fitting the RT equation for Ca2+ (in the OMSN model) to the Ca2+ pore-
water data assuming that the rate of authigenic carbonate precipitation rate can be described
using a Gaussian function of depth (for more details, see Table A1 and Burdige et al. 2016a).

v. RT equation for DI 13C (C2r model)

∂D13

∂t
= 1

ϕ

∂

∂Z

(
ϕDs

∂D13

∂Z

)
− 1

ϕ

∂

∂Z
(ϕvD13) + �

3∑
i=1

k1 r13
Gi GiS

Km + S
+ DMP13C2r

+
(

M13

αAOMM − (αAOM − 1)M13

)
AOMr −

(
D13

D

)
ACP(z) (A5)

The reaction terms on the right side of this equation represent DI13C (D13) production by
oSR and methanogenesis (DMP13C2r), DI13C production by AOM, and DI13C consumption
by authigenic carbonate precipitation, where

DMP13C2r = fs�
3∑

i=1

ki r13
Gi Gi −

(
D13

αC2rD − (αC2r − 1)D13

)
fs�L2

3∑
i=1

kiGi. (A5a)

vi. RT equation for DI13C (Acf model)

∂D13

∂t
= 1

ϕ

∂

∂Z

(
ϕDs

∂D13

∂Z

)
− 1

ϕ

∂

∂Z
(ϕvD13) +

3∑
i=1

ki �r13
Gi GiS

Km + S
+ DMP13Acf

+
(

M13

αAOMM − (αAOM − 1)M13

)
AOMr −

(
D13

D

)
ACP(z) (A6)

The reaction terms on the right side of this equation represent DI13C (D13) production by
oSR and methanogenesis (DMP13Acf), DI13C production by AOM, and DI13C consumption
by authigenic carbonate precipitation, where

DMP13Acf = fs�
3∑

i=1

ki r13
Gi Gi − fs�

3∑
i=1

r13
Gi

αAcf − (αAcf − 1)r13
Gi

L2kiGi. (A6a)
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Table A1. The best-fit parameters obtained by fitting the OMSN (organic matter/sulfate/nitrogen)
model to the major solute data (from Burdige et al. 2016a).

Parametera Bestfit valueb Units

Go
1 0.86 ± 0.16 wt%

Go
2 0.64 ± 0.26 wt%

Go
3 0.64 ± 0.07 wt%

k1 0.54 ± 0.10 y−1

k2 0.17 ± 0.04 y−1

k3 2.5 ± 1.0 × 10−3 y−1

kaom 4.98 ± 1.50 y−1

JlbM
c −0.243 ± 0.059 mmol m−2 d−1

JlbD
c −0.054 ± 0.016 mmol m−2 d−1

JlbC
c 0.007 mmol m−2 d−1

Kin
d 0.20 ± 0.04 mM

S∗d 0.98 ± 0.16 mM

Rmax
e 0.064 mM y−1

zcp
e 41.4 cm

scp
e 84.7 cm

Notes: a Except where noted, see Table 1 for parameter definitions. b All errors are 1 standard
deviation. c Basal fluxes of methane (subscript M), dissolved inorganic carbon (subscript D), and
Ca2+ (subscript C). d See equation 29. e The best-fit values of the Gaussian function used to define
the depth distribution of authigenic carbonate precipitation, ACP(z) (for details, see Burdige et al.
2016a):

ACP(z) = Rmaxe
−0.5[(zcp−z)/scp]2 . (A9)

vii. RT equation for sulfate

∂S

∂t
= 1

ϕ

∂

∂z

(
ϕDs

∂S

∂z

)
− 1

ϕ

∂

∂z
(ϕνS) −

3∑
i=1

kiL2�GiS

Km + S
− AOMr (A7)

The reaction terms on the right hand side of this equation represent sulfate consumption
by oSR and AOM. Equation (A7) is taken from the OMSN model (Burdige et al. 2016a).

viii. RT equation for Gi

∂Gi

∂t
= − 1

1 − ϕ

∂

∂z
[ω(1 − ϕ)Gi] − kiGiS

Km + S
− fSkiGi (A8)
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The terms on the right side of this equation represent advection driven by sediment burial
(sedimentation), oSR, and methanogenesis. These three Gi fractions are a subset of the
total sediment particulate organic carbon (POC) pool, which also includes a “refractory”
component that is nonmetabolizable over the time and depth scale of the model domain.
Equation (A8) is taken from the OMSN model (Burdige et al. 2016a).

b. Solution of the SIRT model equations

To solve the SIRT model equations for M13 and D13 (see equations A2–A5), we
expanded the spatial derivatives in the advective and diffusive terms in the equations as
described previously (Burdige et al. 2016a). For a general solute C, this implies that

∂C

∂t
= 1

ϕ

∂

∂z

(
ϕDs

∂C

∂z

)
− 1

ϕ

∂

∂z
(ϕvC) + · · ·

= Ds

∂2C

∂x2
+ Do

ϕ

∂f

∂x

∂C

∂x
− W

ϕ

∂C

∂x
+ · · ·

= Ds

∂2C

∂x2
+

(
Do

ϕ

∂f

∂x
− W

ϕ

)
∂C

∂x
+ · · ·

, (A10)

where “…” represents the reaction terms in each equation, Do = Ds/θ
2,

f = ϕ

θ2
= ϕ

1 − 2 ln(ϕ)
(A11)

(see Table 1), and

W = ϕ∞Fsed

ρds(1 − ϕ∞)
(A12)

(also see equations 6.15–6.19 in Burdige 2006, and note the W/ϕ has units of sedi-
ment burial, e.g., cm y−1). Porosity is also a function of depth in these sediments and
is expressed as

ϕ(z) = 0.78 + 0.07e−0.174z + 0.15e−0.006z (A13)

(see Komada et al. 2016, for details).
After expansion of these derivatives, the model equations were solved numerically using

the method of lines technique with variable grid spacing (Schiesser 1991; Boudreau 1997;
Burdige et al. 2016a). A centered-finite differencing scheme was used to approximate the
first and second spatial derivatives in the equations (Boudreau 1997). With this approach, the
RT equations for M13 and D13 were transformed from space- and time-dependent partial
differential equations into sets of n time-dependent ordinary differential equations (ODEs)
for each solute valid at each grid point of the model domain (note that n is the total number
of grid points). To obtain steady-state solutions of these equations, these time-dependent
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ODEs are solved in MATLAB using the integration package ode15s, and the model is run
for a long enough time period that steady-state conditions are reached (Boudreau 1996;
Burdige 2011).

In the set of ODEs for each solute, the upper boundary condition is satisfied by setting
the time-dependent ODE at the first grid point (z = 0 cm) equal to zero, with the bottom-
water concentration then specified as the z = 0 cm value in the initial condition of the
model solution (also see Hamdi, Schiesser, and Griffiths 2007). At the lower boundary (i.e.,
at the nth grid point), a flux boundary condition is used (see Section 3b). This boundary
condition is implemented by first using a slightly different numerical approximation of
the second spatial derivative (other than centered-finite differencing), to avoid “imaginary”
concentrations and grid points outside of the model domain (Boudreau 1997). Defining the
diffusive flux (Jlb) at the boundary condition as

Jlb = −ϕnDs

∂C

∂z

∣∣∣∣
n

, (A14)

this second derivative can be written as

∂2C

∂x2

∣∣∣∣
n

= 2

Δz2
n

(
Cn−1 − Cn − JlbΔzn

ϕnDs

)
, (A15)

and equations (A14) and (A15) can be substituted into the numerical version of equation
(A10) at the lower boundary as

dC

dt

∣∣∣∣
n

= 2Ds

Δz2
n

(
Cn−1 − Cn − JlbΔzn

ϕnDs

)
−

(
Do

ϕn

∂f

∂z

∣∣∣∣
n

− W

ϕn

) (
Jlb

ϕnDs

)
. (A16)
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