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Early diagenesis of marine organic matter dramatically impacts Earth’s surface
chemistry by changing the burial potential of carbon and promoting the formation of
authigenic mineral phases including carbonate concretions. Marine sediment-hosted
carbonate concretions tend to form as a result of microbial anaerobic diagenetic
reactions that degrade organic matter and methane, some of which require an external
oxidant. Thus, temporal changes in the oxidation state of Earth’s oceans may impart a
first-order control on concretion authigenesis mechanisms through time. Statistically
significant variability in concretion carbonate carbon isotope compositions indicates
changes in shallow marine sediment diagenesis associated with Earth’s evolving redox
landscape. This variability manifests itself as an expansion in carbon isotope
composition range broadly characterized by an increase in maximum and decrease in
minimum isotope values through time. Reaction transport modelling helps to constrain
the potential impacts of shifting redox chemistry and highlights the importance of
organic carbon delivery to the seafloor, marine sulfate concentrations, methane
production and external methane influx. The first appearance of conclusively anaerobic
oxidation of methane-derived concretions occurs in the Carboniferous and coincides
with a Paleozoic rise in marine sulfate. The muted variability recognized in older
concretions (and in particular for Precambrian concretions) likely reflects impacts of a
smaller marine sulfate reservoir and perhaps elevated marine dissolved inorganic
carbon concentrations. Causes of the increase in carbon isotope maximum values
through time are more confounding, but may be related to isotopic equilibration of
dissolved inorganic carbon with externally derived methane. Ultimately the concretion
isotope record in part reflects changes in organic matter availability and marine
oxidation state, highlighting connections with the subsurface biosphere and diagenesis
throughout geologic time.
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Abstract

Early diagenesis of marine organic matter dramatically impacts Earth’s surface
chemistry by changing the burial potential of carbon and promoting the formation of
authigenic mineral phases including carbonate concretions. Marine sediment-hosted
carbonate concretions tend to form as a result of microbial anaerobic diagenetic reactions
that degrade organic matter and methane, some of which require an external oxidant.
Thus, temporal changes in the oxidation state of Earth’s oceans may impart a first-order
control on concretion authigenesis mechanisms through time. Statistically significant
variability in concretion carbonate carbon isotope compositions indicates changes in
shallow marine sediment diagenesis associated with Earth’s evolving redox landscape.
This variability manifests itself as an expansion in carbon isotope composition range
broadly characterized by an increase in maximum and decrease in minimum isotope
values through time. Reaction transport modelling helps to constrain the potential impacts
of shifting redox chemistry and highlights the importance of organic carbon delivery to
the seafloor, marine sulfate concentrations, methane production and external methane
influx. The first appearance of conclusively anaerobic oxidation of methane-derived
concretions occurs in the Carboniferous and coincides with a Paleozoic rise in marine
sulfate. The muted variability recognized in older concretions (and in particular for
Precambrian concretions) likely reflects impacts of a smaller marine sulfate reservoir and
perhaps elevated marine dissolved inorganic carbon concentrations. Causes of the
increase in carbon isotope maximum values through time are more confounding, but may
be related to isotopic equilibration of dissolved inorganic carbon with externally derived

methane. Ultimately the concretion isotope record in part reflects changes in organic
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matter availability and marine oxidation state, highlighting connections with the

subsurface biosphere and diagenesis throughout geologic time.

1. INTRODUCTION

Carbonate concretions are isolated zones of relatively high cement content in sediments
and sedimentary rocks (Coleman, 1993). These precipitates can exhibit textural and
compositional characteristics that indicate initial formation within shallow sediments.
Shallow formation indicators include deflection of external lamination (Raiswell, 1971),
preservation of delicate primary sedimentary features (such as thin walled shells and
macrofauna carcasses) (Allison and Pye, 1994; Blome and Albert, 1985; Bramlette, 1946;
El Albani et al., 2001; Heimhofer et al., 2017; Martill, 1988), evidence of biological
interaction by burrowing organisms (Bjerlykke, 1973; Hesselbo and Palmer, 1992;
Savrda and Bottjer, 1988), erosional exhumation (Hesselbo and Palmer, 1992) and low
proxy-based formation temperatures (Dale et al., 2014; Loyd et al., 2012). Therefore,
carbonate concretions can result (at least initially) from relatively shallow diagenetic
processes that are intimately related to the chemical composition of marine bottom waters
and the availability of organic matter delivered to the sediment-water interface. The
geochemistry of Earth’s marine environments has experienced significant temporal
variability in part associated with an overall increase in oxidation state (Lyons et al.,
2014), associated fluctuations in marine chemistry (Canfield, 1998) and changes in

organic carbon export (Krause et al., 2022; Krissansen - Totton et al., 2021; Planavsky et

al., 2022) and organic matter composition (Brocks et al., 2017). In particular, variable
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organic carbon delivery to the seafloor and marine oxidant abundances (see below) likely
impacted shallow diagenetic processes related to remineralization.

Marine sediment-hosted carbonate concretions seem to form in association with
reactions that involve the microbial degradation of particulate organic matter and/or
methane (Irwin et al., 1977). Of these reactions, those considered most important for
concretion formation are iron reduction, organotrophic sulfate reduction, methanogenesis
and the anaerobic oxidation of methane (AOM) (Claypool and Kaplan, 1974; Coleman,
1993; Irwin et al., 1977; Orphan et al., 2004). The carbon isotope composition of
porewater DIC (§'*Cpic) is impacted by the relative contributions of these pathways
wherein organic matter and methane oxidation reactions cause porewater *Cpic depletion
and methanogenesis causes porewater *Cpic enrichment. The magnitude of isotope
enrichments and depletions is dictated by oxidant supply and reduced carbon source
(organic matter or methane), among other factors (e.g., Meister et al., 2019). Carbonate
concretions inherit the carbon isotope composition of porewater DIC owing to minimal
isotope fractionation during carbonate precipitation (Emrich et al., 1970; Ohmoto and
Rye, 1979). Thus, concretion carbon isotope compositions and can be used to track
carbon-phase reactants (organic matter or methane) and/or reaction pathways of shallow
marine diagenetic environments through time.

Here, carbonate concretion abundance and carbon isotope data (consisting of both
new and previously reported data) are used to characterize ancient marine shallow
diagenetic environments. These data are assessed through a transient reaction transport
model to explore potential impacts of contemporaneous environmental changes.

Ultimately, we show that amplified variability in concretion carbon isotope signatures
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coincides with proposed increases in organic carbon export and marine sulfate
concentrations, implicating these factors as important for diagenetic carbonate
mineralization throughout geologic time. Modeling results suggest that external methane
inputs are likely required to generate severe 'C depletions in concretionary carbonate.
Elevated marine dissolved inorganic carbon (DIC) contents may also play a role by
muting porewater isotope variability during much of the Precambrian. In addition, we
identify potentially counterintuitive coincident changes in methanogenesis-driven

diagenesis during the Phanerozoic.

2. METHODS

Marine sediment-hosted carbonate concretion occurrence and carbonate carbon
isotope composition (8'*Cecon) data (~5,000 data points from ~170 units) were primarily
compiled from published reports. New 8'*Ccon data were collected from select time
periods where isotope data have not been reported (see Supplementary Tables 1, 2). Host
rock formation name, age, and lithology, and concretion mineralogy, crystallographic
habit (for septarian concretions), carbon and oxygen isotope data were also collected
(Supplementary Tables 1, 2 and 3), as available. Similar information provided for
authigenic carbonates recovered from siliciclastic marine sediments is provided for
comparison (Supplementary Table 4). Most new concretion data were generated from
powders of slabbed samples using a Dremel® rotary tool fitted with a 3-mm carbide drill
bit. Triplicate 5-7 mg splits of concretion powders were dissolved in 10% phosphoric
acid in sealed and evacuated exetainer vials. The carbon isotope composition of produced

CO; was determined using a G2121-1 Picarro® Cavity Ringdown Spectrometer (CRDS)
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via introduction through an Automate® carbonate preparation device. Limited additional
new carbon isotope data from the Chuar Group (nine data points) were generated using a
VG Instruments PRISM 1I isotope ratio mass spectrometer after sample dissolution in a
common acid bath at 90°C. Isotope compositions reported in the typical delta (d) notation
in permil (%o) versus the VPDB standard. Isotope values were determined by comparison
with international [TAEA NBS-18 (8'*C = —5.014%o, 8'%0 = —23.2%o), Carrara Marble
(8"3C = +2.46%o, 5'%0 = —2.37%o0), NIST SRM 915B (8'*C = -8.53)] and laboratory
[CRCPI0 (8'3C = —4.13%0), CRC200 (8'3C = +2.12%o0), WD-1A (5"°C =—42.61%o)]
standards. New carbon isotope data reproducibility was better than +/— 1.0%o (2 s.d.).

Statistical parameter estimation of the mean, variance, minimum, maximum and
range of carbon isotope data was accomplished via bootstrapping (Efron, 1979) across
select time periods (Supplementary Table 5). Biases in estimating extrema were
simulated empirically from repeated resampling, and then applied to adjust distributions
for parameter estimation of maximum and minimum values (Efron, 1982). Confidence
intervals (95%) for each numerical summary across the selected time periods were
generated via the bootstrap empirical distributions, as were pairwise statistical hypothesis
tests between each pairwise combination of selected time periods.

The factors that control potential ranges in carbon isotope compositions were
evaluated using a previously described transient reaction transport model (Meister et al.,
2013; Meister et al., 2019). This model was developed in part to constrain transport and
biogeochemical impacts on isotope compositions of the dominant carbon-containing
porewater phases. Marine sulfate concentrations, organic carbon content at the sediment-

water interface, external methane delivery, isotope fractionation during methanogenesis
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and marine DIC contents were varied to explore impacts on porewater DIC isotope
compositions. Here, complete ranges in porewater §'*Cpic values (including maxima and
minima) are explored without predicting specific depths of carbonate authigenesis (in
contrast to Laakso and Schrag (2020)). The modelled porewater isotope compositions are
thus reflective of all of the possible concretion isotope compositions, resolving potential
uncertainties in mineralization depth (e.g., Meister et al., 2019). Model inputs and
parameterizations are provided in the Supplementary Materials (“Modelling Approach”),
as is a diagram demonstrating how maximum and minimum values were determined
(Supplementary Figure 1). Model results are compared to the ancient concretion carbon
isotope record to identify potential drivers of temporal variability, they are not intended

to recreate specific intervals of the record.

3. RESULTS

Carbonate concretions have been identified in 379 geologic formations. Of these
units, carbon isotope data have been compiled or generated from 173, representing ~ 46%
8'3Ccon coverage. The age distribution of carbonate concretions is not uniform; the vast
majority have been identified in units younger than 600 Ma (Figure 1). An exception to
this broad temporal trend is a relatively short-lived, concretion-abundant interval between
~2150 to 1750 Ma (Figure 2b). Within the Phanerozoic, concretion occurrence generally
increases (aside from a few exceptions) up to the modern (Figure 1c). As has been
recognized in a previous compilation (Mozley and Burns, 1993) concretions mostly occur
within shale hosts (Figure 2a) and calcite represents the dominant mineralogy (Figure

2b).
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Carbon isotope compositions range from —54.0 to +32.5%o for the entire data set.
Absolute 8'*Ccon values provide only limited insight into concretion formation
mechanisms. These data must be corrected to account for the contemporaneous seawater
8'3C value, which represents the starting condition that is subsequently modified
by shallow diagenetic processes. This correction is relatively unimportant for Cenozoic
concretions because seawater 8'°C does not significantly deviate from 0%o. However, a
growing body of primary carbonate (i.e., non-diagenetic) carbon isotope data suggests
that seawater 8'°C was significantly different in earlier time periods (in particular during
intervals within the Proterozoic), in some cases reaching values as high as +11
(e.g., Maheshwari et al., 2010) to as low as —12%. (e.g., Halverson et al., 2005). In order
to account for changes in seawater carbon isotope compositions, the quantity APCeon-sw is
defined as ABCeon-sw = 8'3Ceon — 8'*Ciw, where 8'3Csy is the contemporaneous seawater
carbon isotope composition as determined by either 1) the primarily Phanerozoic curve of
Veizer et al. (1999) or 2) stratigraphically nearby non-diagenetic carbonate beds. The
ABCeon-sw parameter presented in Figure 4 thus reflects specific diagenetic pathways more
directly than §'3Ccon. Uncertainties related to the primary carbonate 8'°C value and
temporal variability in isotope fractionation associated with organic matter production
(e.g., isotopic differences between contemporaneous marine DIC and organic carbon
varying between ~30 and 25%o0, Kump and Arthur, 1999) are accounted for by the gray
solid and dashed bands in Figure 3.

Values of A3Ceon-sw exhibit significant changes since ~2800 Ma (Figure 3), as

outlined below.
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e Archean concretion samples from ~2800, 2603 and 2600 Ma units yield
ABCeon-sw values that range from +9.9 to +15.0%o, —4.5 to +1.8%o and +0.9
to +2.4%o, respectively.

e Early Proterozoic concretions (of the ~2150 to 1750 Ma interval discussed
above) show ACeon-sw values that range from —24.5 to +1.4%o. ~1400 Ma
concretions express A'>Ceon-sw from —1.1 to +1.9%o.

e Concretions from a single middle Neoproterozoic site (~745 Ma) exhibit
ABCon-sw values ranging from —15.6 to —7.9%o.

e Late Neoproterozoic (~560 and 555 Ma) carbonate concretions exhibit
ABCeon-sw values from —3.5 to +5.4%o.

e Cambrian to Devonian (542-360 Ma) concretions display an increased
range in A®Ceon-sw, With values extending from ~ —25.3%o to +24.5%o.

¢ Younger concretions within Carboniferous to Permian sedimentary rocks
express A*Ceon-sw values extending from —54.6 to +9.5%o.

e Triassic to Holocene concretions yield A*Ceon-sw values ranging from —

55.7 to +31.5%o.

For comparison, marine sedimentary authigenic carbonate data (compiled in
Supplementary Table 4, after Loyd and Smirnoff (2022)) are also provided. Note that
sedimentary authigenic carbonates characterized as “modern”, may rather have formed at
any time since the ages of the host sediment (host sediment ages provided in
Supplementary Table 4). Similarly, carbonate concretions must have formed after

deposition of the host rock. However, given that these precipitates form relatively soon
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after deposition, concretion ages are here approximated as the same as their host
sediment. Means, minima, maxima and ranges are provided for the above age groupings
in Figure 4; histograms are displayed in Supplementary Figure 2, and statistical similarity
analyses are provided in Supplementary Table 5.

As with primary carbonate phases, concretions may be altered by later diagenetic
processes that overprint original carbon isotope compositions as often indicated by '*O-
depleted compositions (Bojanowski et al., 2014; Gross and Tracey Jr, 1966; Seewald,
2003). To screen for potential late diagenetic impacts on the temporal record, plots
limited to samples expressing oxygen isotope compositions > —10%o and > —5%o have
been generated (Supplementary Figure 3). These plots express similar trends as the
complete record, suggesting that later diagenetic alteration does not strongly influence the

broad temporal trends in AP Ceon-sw.

4. DISCUSSION

The concretion occurrence and carbon isotope data presented here provide a more
detailed picture of a temporal variability hypothesized by previous researchers (Melezhik
and Fallick, 1996). The potential controls of this distribution are discussed below. Firstly,
the quantities of concretion-bearing units and preserved marine sedimentary formations
are compared to determine if variability can be explained simply by changes in the
amount of rock preserved. Then, the major shifts in concretion carbon isotope
composition are assessed in the context of potential controls on early marine diagenesis

and mineralization.

10
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4.1. Insights from the concretion record

The ability to assess the evolution of Earth-surface environments is increasingly
challenging as we move back in time due to the limited preservation of older rocks. In
addition, ongoing research shows that the mass of preserved sedimentary rock is not
readily explained by erosive processes alone. Instead, changes in the Earth-surface
system have likely impacted the production of sedimentary rock through time (Husson
and Peters, 2018; Ronov et al., 1980). Reconstructions of the temporal abundance of
passive margins (Bradley, 2008) and the quantity and volume of marine sedimentary rock
formations (preserved on the North American continent) correlate with the quantity of
concretion-bearing units (Supplementary Figure 4). Therefore, an environmental signal
cannot be confidently identified even though a clear temporal change in concretion-
containing units is evident. The concretion abundance record may also be obscured by
reporting biases in the literature, the dominant data source for this compilation. As a
result, the remaining discussion focuses on concretion carbon isotope data (A'*Cecon-sw)
and potential controls on its variability.

The carbon isotope composition of a carbonate concretion is inherited from the
porewater DIC from which it precipitates. Since there is only minimal isotope
fractionation associated with carbonate mineral production (Emrich et al., 1970; Ohmoto
and Rye, 1979), carbonate concretions provide a unique proxy for ancient diagenetic
settings. The carbon isotope composition of DIC in porewater reflects a mixture of
carbon derived from seawater, the oxidation of organic matter and the oxidation of
methane. In addition, methanogenesis exhibits a significant isotope fractionation

(Whiticar, 1999) that can further impact porewater DIC. The ranges in isotope

11
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composition expressed in marine sediment porewaters result from the relative importance
of these different reactions in addition to the transport of carbon-containing reactants and
products (Zeebe, 2007). Oxidation- and organic matter-dependent reactions appear to
typify much of Earth history, as evidenced by the widespread occurrence of negative
values of A'*Cecon-sw. These reactions require external reactant(s), potentially including
aqueous sulfate and particulate iron oxide, and organic matter and/or methane carbon
sources. A growing body of research provides insight into the relative temporal
abundances of some of these phases. The following discussion explores reactant
variability and then connects these trends to specific characteristics of the A*Ceon-sw

record to evaluate the evolution of marine diagenetic environments.

4.2. Organic matter as a carbon source for carbonate precipitation

The dominant concretion-forming mechanisms in marine sediments involve the
anaerobic degradation of organic matter or methane (Claypool and Kaplan, 1974;
Coleman, 1993; Irwin et al., 1977). Methane primarily forms by the degradation of
organic matter, either directly through fermentation reactions or indirectly through the
reduction of carbon dioxide derived from organic matter (Koyama, 1963; McCarty,
1964). Therefore, all of the major reaction pathways that lead to concretion
precipitation involve organic matter in one way or another.

The amount of marine carbon buried as organic matter has changed through time
(Figure 5), partially in concert with shifts in the oxidation state of Earth’s surface (Krause

et al., 2022; Krissansen - Totton et al., 2021; Planavsky et al., 2022). Our ability to assess

carbon burial relies primarily on temporal changes in the carbon isotope compositions of

12
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primary marine carbonates, which approximately record the isotope composition of
oceanic DIC at the time of deposition (Schidlowski et al., 1975). Assuming that marine
carbonate §'3C changes reflect steady-state oceanic inorganic carbon budgets, increases
correspond to enhanced organic carbon burial whereas decreases reflect increased organic
carbon destruction (i.e., oxidation) (Kump and Arthur, 1999). Although the §'3C
composition of limestones and dolostones preserved in the geologic record may not
faithfully record original marine conditions (e.g., Knauth and Kennedy, 2009), long-lived
and global positive carbon isotope excursions are difficult to explain without invoking
primary marine drivers. In particular, the ~2.3 to 2.1 Ga Lomagundi excursion
corresponds to a large ~ +10%o carbonate carbon isotope swing (e.g., Schidlowski et al.,
1976) thought to be related to massive deposition of organic matter and an increase in
atmospheric O (e.g., Eguchi et al., 2020; Karhu and Holland, 1996). Although the
Lomagundi positive isotope excursion has been interpreted as a diagenetic signal related
to methane production (Hayes and Waldbauer, 2006), contemporaneous trends in sulfur
and sulfur isotope geochemistry are more parsimoniously interpreted as consistent with a
primary origin (Planavsky et al., 2012). The Lomagundi event overlaps with the
beginning of the concretion-abundant interval between ~2.15 to 1.75 Ga (Figure 1a, b)
(Melezhik and Fallick, 1996). In addition to enhanced organic matter burial,
contemporaneous changes in the redox state of the oceans at this time may have yielded
complementary conditions required to stimulate sedimentary diagenesis, such as the
introduction of other oxidants to Earth’s surface environment (see section 4.3 below).
Similar, long-lived primary carbonate positive §'*C values (> +5%o) occur

between glacial intervals in the post-~800 Ma Cryogenian Period (Halverson et al.,
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2005). These *C-enriched values are likewise interpreted to represent the enhanced
burial of organic matter (Derry et al., 1992; Des Marais et al., 1992) and recent modeling

results support these findings (Kipp et al., 2021; Krause et al., 2022; Krissansen - Totton

et al., 2021; Planavsky et al., 2022). Beginning about the same time (~750 Ma) and
extending toward the Proterozoic—Cambrian boundary, a transition in clay mineral
production may have facilitated enhanced burial of organic matter (Kennedy et al., 2006;
Kennedy et al., 2002). However, the direct impacts of this transition on atmospheric
oxygen contents have been challenged (Tosca et al., 2010). In addition, labile organic
matter that is buried in clay-rich sediments can be protected from degradation (Keil et al.,
1994), complicating the ability to predict potential impacts of secular changes in clay
production on shallow diagenetic environments.

Temporal variability in the total organic carbon (TOC) contents of marine shales
also provides support for fluctuating organic carbon burial (Och and Shields-Zhou, 2012;
Sperling and Stockey, 2018). Importantly, TOC contents increase significantly across the
Neoproterozoic—Cambrian boundary and remain relatively high throughout the
Phanerozoic (Sperling and Stockey, 2018) as also supported by modeled reconstructions

of organic matter burial rates (Krause et al., 2022; Krissansen - Totton et al., 2021;

Planavsky et al., 2022). Shallow-marine diagenesis may have been stimulated as a result
of this high organic carbon burial rate.

Recent work has also revealed a profound shift in the nature of marine organic
matter between the Cryogenian “Snowball Earth” glacial intervals (~659 to 645 Ma).
Biomarker data suggest a transition from a dominantly bacterial to a bacterial and

eukaryotic marine planktonic biosphere (Supplementary Figure 5) (Brocks et al., 2017).
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This expansion in marine biosphere diversity may have heralded contemporaneous
changes in organic matter reactivity. Organic matter reactivity impacts the efficiency of
remineralization (e.g., Burdige, 2007) and can influence degradation pathway (Meister et
al., 2013). However, the relationship between organic matter source (eukaryotic versus
non-eukaryotic) and general reactivity remains poorly understood. Therefore, the addition
of significant eukaryotic biomass may or may not have increased the reactivity of organic
matter and thus stimulated shallow diagenesis. The record of carbonate concretions since
~659 to 645 Ma exhibits its own interesting trends, perhaps related to two subsequent
biological transitions, the appearance and proliferation of metazoans and land plants
(Supplementary Figure 5).

Partially decayed carcasses of animals, including bones and calcium carbonate or
phosphate shells, sometimes occur within carbonate concretions (EI Albani et al., 2001;
Gaines et al., 2005; Yoshida et al., 2015). Such materials may have provided triggers for
localized remineralization and carbonate precipitation since the latest Neoproterozoic.
The large accumulation of organic matter associated with decaying animal carcasses
provides a local source for anaerobic degradation processes that can cause focused
alkalinity increase and thus facilitate carbonate formation (e.g., Duck, 1995). Inorganic
mineral phases (shell calcite, aragonite, or phosphate and bone) can also provide
nucleation sites for precipitation due in part to the reduced thermodynamic hurdles
related to mineral formation on preexisting crystalline materials (Berner, 1980;
Sunagawa, 1994).

The arrival of extensive (plant) terrestrial ecosystems during the Silurian

(Supplementary Figure 5) and their expansion thereafter (Gibling and Davies, 2012;
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Kenrick and Crane, 1997) likely resulted in a more substantial delivery of exogenous
organic matter to the oceans. Such remains occur in marine sediments of the Phanerozoic
(Sackett et al., 1974). Raiswell and Berner (1986) have demonstrated a shift toward
higher C/S ratios in normal marine shales by the Middle Devonian, consistent with
increased delivery of terrestrial organic matter (TOM) thereafter. Remineralization of this
TOM could promote carbonate concretion authigenesis. Indeed, modern TOM is thought
to provide a significant portion of the total organic carbon budget, particularly in coastal
marine sediments (Burdige, 2005; Schliinz and Schneider, 2000). However, TOM may be
less reactive than marine organic matter (Aller et al., 1996; Burdige, 2005; Hedges et al.,
1997), potentially obscuring the potential impacts of increased delivery. Regardless, such
a fundamental shift in carbon sources to marine sediments is likely to have impacted

shallow marine diagenetic processes in shelf and slope depositional settings.

4.3. Oxidant availability and its influence on organic matter remineralization
Diagenetic processes in shallow marine sediments (including concretion
formation) are impacted by the abundance of organic carbon (Arndt et al., 2013), the
availability and nature of which has likely changed through geologic time (see above).
Remineralization reactions may or may not require additional external oxidant and thus
the fate of buried organic matter is variably tied to oxidant availability. The temporal
variability of select oxidants, including sedimentary iron oxide and marine sulfate
contents (recognized as important in organic matter remineralization and carbonate

authigenesis) is discussed in this section.

16



390

391

392

393

394

395

396

397

398

399

400

401

402

403

404

405

406

407

408

409

410

411

The idea that Earth’s surface has experienced progressive oxygenation is widely
accepted. The structure of this oxygenation however, remains a topic of considerable
debate. In addition, progressive oxygenation likely impacted the abundances of specific
oxidants through time differently. These oxidant budgets in turn likely imparted a first-
order control on sedimentary diagenesis of marine environments by stimulating oxidative
degradation of organic matter and methane. The temporal evolutions of oxygen and

oxidant availability are outlined below.

4.3.1 Oxygen (02)

Atmospheric oxygen concentrations likely provide a first-order control on the
oxidation state and oxidant capacity of surface environments (both terrestrial and
marine). The oxygen content of the atmosphere is thought to have increased as a result of
two major oxygenation events. The first of these corresponds to the ~2.5-2.3 Ga Great
Oxidation Event (GOE) and is at least casually linked to photosynthetic O> buildup
(Holland, 2002). This earlier oxygen increase, however, was probably not permanent,
terminating with a return to lower oxygen conditions (Bekker and Holland, 2012; Partin
et al., 2013). The second increase in oxygen content is thought to have occurred during
the Late Neoproterozoic to early Cambrian (Chen et al., 2015; Sahoo et al., 2012; Scott et
al., 2008), may have resulted in the ventilation of portions of the deep ocean and heralded
the oxygen-rich conditions exhibited today (Lyons et al., 2014). Phanerozoic atmospheric
oxygen contents have also fluctuated, albeit at a higher level (between ~10-100% present

atmospheric level) (e.g., Berner and Canfield, 1989; Lenton et al., 2018).
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Despite increasing oxygen concentrations in Earth’s atmosphere, the oxidation
state of the oceans has exhibited its own complexity, driven in part by the evolving
atmospheric boundary condition (Canfield, 1998; Lyons et al., 2009). Prior to the GOE
Earth’s oceans were predominantly ferruginous (iron(Il)-rich) at all depths. After the
GOE and until the Proterozoic-Phanerozoic boundary, the redox structure shifted to
include oxic and/or sulfidic shallow/mid-depth waters over a persistently ferruginous
deep ocean, reflecting in part the delivery of sulfate by oxidative weathering on land and
its subsequent reduction to hydrogen sulfide in the water column (Lyons et al., 2009;
Planavsky et al., 2011; Poulton et al., 2010). In contrast, generally oxygenated oceans
typify the Phanerozoic, with low oxygen and sulfidic marine environments restricted to
near-shore, productive and/or restricted settings (Anderson and Devol, 1973; Jacobs et
al., 1985; Price and Calvert, 1973; Skei, 1983). These marine transitions are relatively
coarse; the fine-scale structure of the redox state of the oceans is potentially much more
complex and remains the topic of considerable debate (Lyons et al., 2014). Although the
general transitions in atmospheric and ocean oxidation state are widely accepted, bottom
water concentrations of oxidized phases other than oxygen (including iron oxides and
dissolved sulfate) are less well constrained. Oxidant availability at the sediment—water
interface impacts the degradation potential of sedimentary organic matter and methane

and thus provides a first order control on shallow marine diagenesis.

4.3.2 Particulate Iron Oxide

Iron oxide minerals provide an attractive electron acceptor for organic matter and

methane oxidation and subsequent concretion precipitation. Iron reduction metabolisms
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are thought to be relatively ancient, as indicated by iron isotope compositions in rocks as
old as ~3.8 Ga (Supplementary Figure 5) (Craddock and Dauphas, 2011). A compilation
of speciation data for shale-hosted iron provides insight into the relative availability of
iron oxide through time (Figure 6). The highly reactive iron fraction (FeHR) includes
oxide phases (e.g., hematite, magnetite) and reduced phases (e.g., pyrite and iron
carbonate minerals) (Raiswell and Canfield, 1998) and thus can be used to assess the
original iron oxide content (before and after reduction) of marine sediments (see below).
Despite changes in the oxidation state of Earth's surface, broadly expressed as an
increase in atmospheric and oceanic oxygen through time, the availability of FeHR in
marine shale appears relatively static (Figure 6). Indeed, Sperling et al. (2015) find
similarly unchanged iron speciation from the Proterozoic to the early Paleozoic. Iron data
have also been screened to exclude samples with FeHR/FeT values greater than 0.38 (the
threshold for sediments deposited under anoxic conditions; Poulton and Raiswell, 2002),
to remove samples with elevated FeHR that are unrelated to sedimentary Fe** delivery.
This restricted data set likewise does not show significant variability among the time
intervals of interest here. However, iron speciation data are not equally available for the
different time periods (Sperling et al., 2015). More continuous population of this data set

may reveal temporal variability that is missed by this compilation.

4.3.3 Aqueous Sulfate
The understanding of the temporal evolution of marine sulfate concentrations has
developed significantly over the past twenty years. This understanding stems from fluid

inclusion data (Horita et al., 2002; Lowenstein et al., 2003), sulfur isotope variability
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(Algeo et al., 2015; Gill et al., 2011; Kah et al., 2004; LaFlamme et al., 2021; Planavsky
et al., 2012) and fractionation magnitude experiments (Habicht et al., 2002), modeling
(Berner, 2004; Fakhraee et al., 2018; Fakhraee et al., 2019; Krause et al., 2022; Shi et al.,
2022) and the occurrence of marine evaporite deposits in the geologic record (Evans,
2006; Halevy et al., 2012; Wortmann and Chernyavsky, 2007). Sulfate concentrations
(Figure 7) exhibit a transient rise in association with the ~2.3 to 2.1 Ga Lomagundi
interval (Planavsky et al., 2012; Salop, 1982; Schroder et al., 2008) which overlaps with
the beginning of the relatively concretion-abundant interval at ~2.15 to 1.75 Ga
(Melezhik and Fallick, 1996). Evaporite paragenetic data that show halite saturation prior
to gypsum/anhydrite may indicate a return to low sulfate concentrations by ~1.9 Ga
(Blattler et al., 2018; Pope and Grotzinger, 2003).

At ~1.7 Ga sulfate concentrations have been estimated at ~1.5 mM and remain
below ~5 mM until ~750 Ma where sulfate concentrations increase to ~10 + 5 mM
(Bléttler et al., 2020; Kah et al., 2004; Krause et al., 2022), similar to the Phanerozoic
minimum (Horita et al., 2002; Lowenstein et al., 2003). Within the Phanerozoic, sulfate
concentrations vary (Figure 7b), reaching up to ~28 mM in the modern (Horita et al.,
2002; Lowenstein et al., 2003). This variability is broadly characterized by two stepwise
increases, one occurring across the Ediacaran—Cambrian boundary where concentrations
are thought to have reached up to ~10 mM in the early Cambrian and the other beginning
in the late Paleozoic. The timing of late Paleozoic sulfate increase varies depending on
literature source; however most reconstructions display an increase at the beginning or
within the Carboniferous. Note that the sulfate records presented in Figure 7 may not

include brief episodes of sulfate fluctuation such as those associated with the Permian—
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Triassic interval (Luo et al., 2010; Song et al., 2014) and Cretaceous Ocean Anoxic

Events (Adams et al., 2010; Ohkouchi et al., 1999).

4.4. Evolving carbon isotope distribution in shallow diagenetic environments
throughout Earth history

As discussed above, A*Ceon-sw provides insights into temporal changes in shallow
marine diagenesis, particularly when isotope compositions exceed or fall below threshold
values. Data mean, maximum, minimum and range values for different age intervals
demonstrate significant temporal variability (Figure 4), perhaps related to evolving
marine diagenetic environments. It is important to note that the data-limited
Neoproterozoic and older record may be more susceptible to biases associated with local
rather than global environmental controls (depositional environment, etc.) compared to
the data-replete younger record. We acknowledge that additional data collection may help
resolve this potential bias and interpret the concretion carbon isotope variability
demonstrated here in the context of broad temporal changes in Earth’s surface
environment. A lack of clear changes in reactive/oxide iron phases (Figure 6,
Supplementary Figure 6) suggests that particulate iron oxides do not drive A*Ceon-sw
variability. Thus, concretion isotope evolution is discussed in the context of other
potential controls in the following discussion.

Prior to ~2.15 Ga, concretions yield values that overlap with or exceed
contemporaneous seawater values (i.e., A*Cecon-sw > 0%o, Figure 3). The earliest
concretions (~2.8 Ga) express positive A3 Ceon-sw values indicating formation as a result

of methanogenesis (Dix et al., 1995). Molecular clock studies suggest early evolution of
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methanogenesis metabolisms, perhaps originating at ~3.8 to 4.1 Ga (Supplementary
Figure 5) (Battistuzzi et al., 2004), well before the formation of these earliest known
concretions. Later Archean concretions within ~2.6 Ga rocks express 8'>C values that do
not differ significantly from seawater values (Figure 3a), suggesting a dominantly marine
DIC or primary carbonate mineral dissolution source.

The prevalence of near neutral A">Ceon-sw values during the Precambrian (Figure
3) may reflect the combined effects of low sulfate availability and high marine DIC
contents. As confirmed by model results, lower sulfate concentrations limit porewater
oxidation of sedimentary organic matter and methane and preclude severe decreases in
8"3Cpic (Figure 8 and Supplementary Figure 7) and thus A'3Ceon-sw. This is consistent
with previous modelling work exploring impacts of low sulfate concentration on
porewater and authigenic carbonate §'°C (Laakso and Schrag, 2020). Marine DIC
contents may have been relatively high early in Earth history as supported by muted
variability in marine §'°C (Bartley and Kah, 2004) and carbonate fabrics that indicate
rapid precipitation (Grotzinger and James, 2000). Under elevated marine DIC conditions,
shallow porewaters would be buffered against isotope modification by diagenesis. The
potential impacts of an increased marine DIC reservoir are demonstrated in Figure 9.
Importantly, under low sulfate and high marine DIC conditions, porewater §'*Cpic
variability is diminished, manifested primarily as an increase in minimum values. Under
higher sulfate concentrations, the impacts of increasing marine DIC are less substantial.
Therefore, high marine DIC values during the Precambrian may have contributed to the

limited variability observed in A'*Ceon-sw.
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Conclusively oxidation-derived carbonate concretions first appear at ~2.15 Ga. In
fact, all concretion-hosting units between ~2.15 and 1.75 Ga include samples with
predominantly negative A*Ceon-sw (Figure 3a). The A®Ceon-sw values extend down to ~ —
25%o, consistent with at least partial carbon incorporation from organic matter, methane
or both (Melezhik and Fallick, 1996). The A'*Ccon-sw value of Lomagundi concretions
(and other Precambrian-aged concretions) is constrained by nearby limestones considered
to reflect primary marine DIC (see Results). In this regard, the '*C-depleted A*Ceon-sw
values of the Lomagundi interval should not be impacted by potential facies dependency
of primary 8!°C values (Prave et al., 2022). In addition, the limestone 8'°C values used to
constrain A Ceon-sw do not exceed +5.4%o (Supplementary Table 1) and thus do not drive
the low A®Ccon-sw during this interval.

Intriguingly, the Lomagundi interval post-dates the GOE and coincides with a
transient increase in marine sulfate concentration (Planavsky et al., 2012). Concretions of
the Lomagundi interval express A!*Ccon-sw values significantly lower than the preceding
and following Precambrian (Figure 5), perhaps testament to a significant control of
increased marine sulfate on porewater DIC (see Figure 8a). Concretions with the lowest
ABCon-sw values formed during the highest marine sulfate concentrations (up to ~ 11
mM, Fakhraee et al., 2019; Planavsky et al., 2012) of the Lomagundi interval (Figure 7a).
Thereafter, values increase but remain negative until ~1.75 Ga, despite an apparent
massive drawdown in marine sulfate at the tail end of the Lomagundi event (Planavsky et
al., 2012). Unfortunately, marine sulfate concentrations are not well resolved between the
sulfate “crash” and ~1.75 Ga. Constraining sulfate concentrations in this interval would

provide additional insight.
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The next occurrence of carbonate concretions is reported in the ~1.4 Ga
Xiamaling Formation. These concretions express A!*Ceon-sw near 0%o, interpreted to
represent a marine DIC carbon source (Liu et al., 2019) rather than one that requires
oxidative processes. Sulfate concentrations were relatively low at 1.4 Ga (Figure 7),
perhaps explaining the return to near neutral A'*Ccon-sw. The next youngest reported
concretions occur in shales of the ~745 Ma Kwagunt Formation of the Chuar Group
(Dehler et al., 2005). These concretions exhibit A*Ceon-sw values ranging from ~ —15 to ~
—7%o (supplemented with new data reported here) and a return to at least partial carbon
derivation from the oxidation of organic matter and/or methane. Intriguingly, sulfate
concentrations may have been relatively high during this time interval (Kah et al., 2004),
which was followed by subsequent decreases associated with Neoproterozoic glacial
intervals (Hurtgen et al., 2002). Thus prior to the Cambrian, low A3 Ceon-sw values
coincide with intervals of transient high marine sulfate concentrations.

Negative APCeon-sw values dominate the relatively well-resolved Phanerozoic
record thereafter (Figure 3), when marine sulfate concentrations were high. Indeed, mean
ABCon-sw values are significantly lower in the Phanerozoic compared to non-Lomagundi
Precambrian counterparts (Figure 4a). Phanerozoic mean A’ Ceon-sw values range from ~ —
7.9 to —5.6%o whereas the non-Lomagundi Precambrian mean A*Ceon-sw value is ~ —0.5%o
(Figure 4). This decrease demonstrates the oxidative impact of a growing marine sulfate
reservoir. Intriguingly, the mean A*Ceon-sw value remains relatively stable throughout the
Phanerozoic, despite a subsequent increase in marine sulfate during the mid- to late
Paleozoic. The static Phanerozoic mean A!*Ceon-sw values developed, in part, as a result of

the expansion of the concretion carbon isotope record to include compositions both
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depleted and enriched in '*C (Figure 4). The implications of this expansion as related to
changing minimum and maximum A!*Ceon.sw are discussed below.

Early Paleozoic concretions (Cambrian to Devonian samples) express a minimum
ABCeon-sw value that extends down to ~ —25%o, the approximate concurrent organic matter
composition. This minimum value is similar to that of the Lomagundi interval (Figure 4,
Supplementary Table 5). Reported marine sulfate concentrations are comparable for these
two time intervals, reaching up to ~10 mM (Figure 7). This similarity underscores the
control of marine sulfate concentrations on A"*Ceon-sw.

ABCeon-sw values do not drop below —25%o until ~325 Ma (Figures 3 and 4),
following reported elevated marine sulfate concentrations in the Carboniferous (Berner,
2004; Gill et al., 2007; Halevy et al., 2010) and representing the first conclusive evidence
for methane oxidation-derived inorganic carbon. Similar low isotope compositions persist
throughout the remaining record (see minimum A*Ccon-sw values in Figure 4). These data
imply that the AOM pathway has been an important methane consumption and
concretion producing reaction since at least ~325 Ma and perhaps earlier (methane
oxidation-derived concretions need not produce values below —25%o if other carbon
sources also contributed). Modern marine sediments often show porewater '*Cpic
minima that approach but do not drop below the organic matter value despite active
AOM, suggesting quantitative oxidation of locally produced methane by sulfate in
shallower sediments (Meister et al., 2019). Modeling results indicate that both high
marine sulfate and an external source of methane are required to produce isotope
compositions significantly lower than —25%o (Figure 8 and Supplementary Figure 7). The

degree of 1°C depletion below —25%o ultimately depends on marine sulfate content, the
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amount of methane entering the system and its §'3C. Perhaps not surprisingly, non-
concretionary methane cold-seep authigenic carbonates express similarly diagnostic, low
8'3C values at about the same time. The transition to conclusively methane-oxidation-
derived seep carbonates has likewise been attributed to increased marine sulfate
concentrations (Bristow and Grotzinger, 2013). The Paleozoic appearance of
diagnostically low concretion and seep-carbonate A!*Ceon-sw values did not result from the
concurrent evolution of organisms capable of AOM as these lineages are relatively
ancient, perhaps existing since ~2.6 to 2.8 Ga (Supplementary Figure 5) (Battistuzzi et
al., 2004; Hinrichs, 2002).

The relationship of AOM-derived authigenic carbonate to temporal delivery of
external methane is more difficult to resolve. We speculate that the generation of
significant methane accumulations may in part be related to enhanced organic carbon
burial in the Phanerozoic (from marine and/or terrestrial sources, see above). This
methane could then be delivered to shallow sediments relatively quickly (perhaps through
methane hydrate dissolution, for example) and oxidized to generate the severe '*C
depletions diagnostic of AOM. A negative correlation between mean organic carbon
burial rates and minimum A'3Ceon-sw values (that also drop below —25%o, Figure 10)
supports this assertion. Constraining the temporal distribution of large methane reserves

is beyond the scope of this work, but may provide additional insight.

4.5. Identifying dominant controls on carbon isotope minima and maxima of

inorganic carbon
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4.5.1. 5°C minima in the AOM zone

As discussed above, sulfate appears to play an integral role in governing Earth’s
shallow marine digenetic environments. The relationship between marine sulfate
concentration and concretion isotope compositions is emphasized in Figure 8d. This plot
demonstrates a strong negative correlation between the sulfate content and minimum
ABCcon-sw during the time intervals discussed above. Encouragingly, this correlation
mimics the porewater minimum 8'*Cpic model results of Figure 8¢ where the impacts of
changing marine sulfate contents are displayed under variable external methane flux.
Ultimately these results demonstrate that marine sulfate concentrations and the delivery
of external methane dictate the minimum 8'*Cpjc (and A®*Ceon-sw) values generated in the

AOM zone.

4.5.2. 5*C maxima in the methanogenic zone

Collectively, Phanerozoic concretions express A'*Ceon-sw values that are consistent
with oxidation and methane-producing reactions. The increase in the range in isotope
compositions within the Phanerozoic is manifested as both a decrease in minimum and an
increase in maximum values (Figures 3 and 4). As discussed above, sulfate appears to be
an important external oxidant as revealed by relationships between sulfate concentration
and A*Ceon-sw data. However, the coincident increase in the abundance of conclusively
methanogenesis-derived concretions (as indicated by positive A'*Ceon-sw) is not
straightforwardly attributable to increasing sulfate concentrations.

It has been proposed that an increase in the quantity of organic matter delivered to

the sediment-water interface may dictate the relative importance of concretion-yielding
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diagenetic reactions, such that higher amounts promote organic matter persistence to the
deeper methanogenesis zone (Mozley and Burns, 1993). In this regard, the increase in the
quantity of organic matter in Phanerozoic compared to Neoproterozoic marine sediments
recognized by Sperling and Stockey (2018) and supported by model reconstructions
(Krause et al., 2022; Krissansen - Totton et al., 2021; Planavsky et al., 2022) may have
promoted the expansion of methanogenesis (Sivan et al., 2007). However, maximum
APCon-sw values do not show significant correlation with organic carbon burial (Figure
11a). Figure 11b and Supplementary Figure 8 show variability in modeled maximum
8'3Cpic values as a function of TOC deposited at the seafloor. Note that the global
organic carbon burial rate does not dictate the specific quantity of TOC deposited on the
seafloor at any given location. However, broad increases in organic carbon burial are
likely to lead to generally higher TOC delivery globally, explaining the motivation
behind panel comparisons in Figure 11. As initial TOC increases so does the maximum
5'3Cpic; however isotope compositions do not exceed ~ +15%o (Figure 12b,
Supplementary Figure 8). Meister et al. (2019) demonstrate this maximum threshold
under modern marine sulfate concentrations (28 mM) and new model results show that
lower sulfate concentrations do not significantly increase §'*Cpic maximum values. Thus
the APCeon-sw values above ~ +20%o0 commonly expressed in the Phanerozoic record
cannot be accounted for by organic carbon burial alone.

It has been demonstrated that increased sedimentation rates lead to faster organic
matter burial and degradation in the deeper methanogenesis zone (Burns and Baker,

1987; Pisciotto and Mahoney, 1981; Scotchman, 1991), largely due to limitations
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associated with sulfate diffusion from the overlying water column. As yet, no data have
been reported that indicate an increased sedimentation rate in the Phanerozoic

compared to earlier times. Organic matter reactivity can also impact degradation
mechanisms. Similar to increased sedimentation rate, less reactive organic matter
degrades more slowly and can persist to deeper sediment depths to experience
preferential degradation in the methanogenesis zone (Meister et al., 2019). Thus, higher
proportions of more refractory organic matter can cause porewater DIC to become more
3C-enriched with depth. The evolution of organic matter reactivity is not well known,
but the arrival and diversification of terrestrial plants may have prompted the delivery of
less reactive organic material (Aller et al., 1996; Burdige, 2005; Hedges et al., 1997) to
marginal environments since the Silurian (Kenrick and Crane, 1997; Raiswell and
Berner, 1986). Maximum A!*Ceon-sw values, however, show an increase well before the
appearance of land plants (Supplementary Figure 5). Furthermore, significant decreases
in organic matter degradation rate are unable to account for porewater DIC 1*C
enrichments above ~ +10%o in the methanogenesis zone (Meister et al., 2019) like those
expressed in the concretion record. Whereas sedimentation rate and organic matter
quantity and reactivity may impact organic matter degradation mechanisms, these factors
alone cannot explain the observed data.

Another more speculative explanation involves an increase in the magnitude of
carbon isotope fractionation during methanogenesis. Fractionation factors between
methane and DIC (Otmethane-Dic) determined from culture and modern porewater data are
between 0.95 and 1.0 (Londry et al., 2008; Whiticar et al., 1986). Some modern marine

sediments, however, express §'*Cpic maxima that are difficult to reconcile with low
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fractionation magnitudes (Meister et al., 2019). In addition, the concretion record
suggests that higher maximum porewater 3'*Cpic compositions occurred in more recent
marine sediments, exceeding the values that can be reached by using the experimentally
determined fractionation factors mentioned above. It has been suggested that substrate
limitation during AOM promotes reaction reversibility as part of the Wood-Ljungdahl
pathway and that this reversibility can lead to isotopic fractionation that approaches
theoretical equilibrium magnitudes (Yoshinaga et al., 2014). Similar reversibility may
affect isotope fractionation during methanogenesis as suggested by some culture
experiments conducted under substrate limited conditions (Botz et al., 1996 ; see
comparison in Meister and Reyes (2019)) and isotope separations between co-occurring
porewater DIC and methane recognized in porewaters of many marine sediments
(e.g.,(Galimov and Kvenvolden, 1983; Heuer et al., 2009; Meister et al., 2019; Paull et
al., 2000; Pohlman et al., 2008) . It is conceivable that under extreme substrate limitation
(which is common in sub-seafloor environments) the fractionation factor may approach
the theoretical low-temperature equilibrium value (Oumethane-Dic = 0.93,(Bottinga, 1969);
Horita (2001)).

To explore the effect of the fractionation factor on maximum &§'*Cpic, model
experiments were conducted at variable Ounethane-pic (from 0.92 to 0.98, Supplementary
Figures 9 and 10). In these experiments, methane was sourced entirely from within the
model domain (i.e., no external methane flux imposed). Maximum &'*Cpic values
increased at lower fractionation factors, reaching up to ~ +9%o (at Gmethane-pic = 0.92).
However, in this most extreme scenario the isotopic separation between methane and

DIC becomes very high (~ 100%o0) and exceeds differences commonly observed in
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measured profiles. Increasing the external methane flux did not significantly change
maximum §'3Cpic when external methane was assigned the 3'*C composition of the in-
situ methane produced at the bottom of the model domain (Supplementary Figures 9 and
10). Thus, increased isotope fractionation alone cannot account for the highly positive
ABCeonsw values expressed in the concretion record.

One mechanism that could promote extreme '*C enrichment of porewater DIC
involves equilibration with externally derived methane exhibiting a relatively high §'3C.
Such methane can form through thermogenic processes and exhibit isotope compositions
near ~ —40%o. Hypothetically, equilibration between thermogenic methane and DIC could
result in §"*Cpic values up to ~ +30 to +40%o if the methanogenic reaction is reversible
(such that isotope exchange occurs between methane and DIC) and an isotope offset of
~70 to 80%o is maintained. Such a process may in part explain the very high §'*Cpic
values recognized at some Cascadia Margin sites (Heuer et al., 2009), although other
factors including gas escape to the water column may also play a role (Birgel et al., 2015;
Meister et al., 2019). Despite the poorly understood complexities involved in isotope
fractionation during methanogenesis and the potential role of equilibration, the
mechanisms of '*C enrichments and depletions in porewater DIC may both involve the
influx of external methane. As argued above, methane formation (thermogenic or
biogenic) may have been stimulated as a result of enhanced organic carbon burial during
the Phanerozoic, thus providing a singular driver for the roughly contemporaneous

expansion in A3Ceon-sw range.

4.6. Implications for the 8'3C of authigenic carbonate
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Modern authigenic carbonates form within marine sediments as a result of similar
reactions to those proposed for carbonate concretions. In fact, carbonate concretions are
thought to represent ancient analogs to modern authigenic carbonates (Loyd and
Berelson, 2016). This connection has been confounded in part as a result of the inability
to identify core-recovered carbonate as concretionary in nature (core sampling limits the
ability to characterize the three-dimensional structure of large objects). The similarity
between the carbon isotope composition of authigenic carbonate (8'*Caun) and Triassic to
Holocene APCeon-sw values (Figure 4) provides further support to the proposed analogy.
Thus, the concretion-based record presented here may provide insight into the evolution
of §'3Caumn through time.

As with the carbon isotope composition of carbonate concretions, §'Caum is likely
to have changed as a result of broad changes in the oxidation state of marine bottom
waters. Previous work aimed at exploring the impact of authigenic carbonate
precipitation on global carbon budgets and marine §'*Cpjc hinges intimately on
constraining an average 8'>Caumn value (Schrag et al., 2013). Indeed, Schrag et al. (2013)
and Laakso and Schrag (2020) propose that average §'>Caun values may have been
different in the past and this inference is supported by the Precambrian A*Ccon-sw record.
When data outside the Lomagundi interval are considered, mean Precambrian A'*Ceon-sw
values differ significantly from other time intervals (Figure 4). The average Precambrian
non-Lomagundi A'*Ccon-sw value is very near neutral (~ —0.5%o) and indistinguishable
from contemporaneous primary carbonate. Therefore, according to this concretion data
set, burial of Precambrian authigenic carbonate would have had little impact on marine

813C variability. Once marine sulfate concentrations exceeded ~ 5 mM (during brief
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transient intervals in the Precambrian or otherwise), mean A'3Ceon-sw values consistently
lie between ~ —10 and ~ —5%o. These compositions agree with recent findings of Laakso
and Schrag (2020), are comparable to, to somewhat higher than approximate 8'*Caun
values proposed by Schrag et al. (2013), and considerably higher than the estimated
modern average 3'3Caun value of — 20.5 +/— 3.5%o, based on compiled pore water
geochemical data (Bradbury and Turchyn, 2019). Differences in mean values may in part
be explained by the exclusion of non-concretionary, seafloor methane seep carbonates
and/or preferential retention of methanogenesis-formed carbonate in the sampled

concretion record.

5. CONCLUSIONS

Carbonate concretions primarily occur in Phanerozoic rock units and a
concretion-rich interval between ~2.15 and 1.75 Ga that overlaps with the enigmatic
Lomagundi carbon isotope excursion (Melezhik and Fallick, 1996). This distribution may
result from preferential formation during these time intervals, but correlation with the
abundance of preserved sedimentary rock precludes identification of an environmental
signal in the concretion occurrence record. In contrast, the concretion isotope record
provides important information about shallow marine diagenetic environments. Negative
ABCeon-sw values dominate the Phanerozoic and Lomagundi interval and correlate with
periods exhibiting high marine dissolved sulfate concentrations and organic carbon burial
rates. Concretions with conclusively AOM carbon isotope signals appear at ~325 Ma and
are relatively common in the younger record, likely in response to a Paleozoic rise in

marine sulfate concentrations and significant delivery of external methane. The
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Phanerozoic record also shows an increase in A'*Ceon-sw through time perhaps resulting
from increased input of thermogenic methane and isotopic equilibration with porewater
DIC. Ultimately, the concretion record demonstrates coeval evolution of Earth’s primary

marine and shallow diagenetic environments, in part related to shifting redox conditions.
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Figure Captions

Figure 1: Abundance of concretion-bearing units through time. a) Entire distribution in
100-myr age bins. b) 3000 to 1000 Ma, notice concretion-rich interval following the
Archean Proterozoic boundary. ¢) 950 Ma to present in 25-myr age bins. Panels b and ¢

indicate 8'3C coverage.

Figure 2: Concretion a) mineralogy and b) host lithology. Note scale compression for

1000 Ma and older bins.

Figure 3: ABCeon-sw variability a) since 3000 Ma and b) since the latest Proterozoic.
Shaded envelope encompasses expected seawater values and dashed line indicates
minimum values for organic matter oxidation (—25%o). Normal and septarian concretions

and associated crystal habits indicated by symbols.

Figure 4: APCcon-sw 2) mean, b) minimum (min.), ¢) maximum (max.) and d) ranges for
different age intervals. Precambrian data provided with (All) and without (- Lomag.)
Lomagundi-aged samples. Notice decrease in minimum and increase in maximum and

ranges through time.

Figure 5: Marine organic carbon burial and A"*Ccon-sw. a) Temporal variability since 3000

Ma and b) 600 Ma. Organic carbon burial data after model reconstructions of Planavsky

et al. (2022) and Krissansen - Totton et al. (2021). Organic carbon burial after low
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erosion rate, low overbank oxidation results of Planavsky et al. (2022) (Fig. 14a from that

work), other result show similar trends but with potentially different absolute values.

Figure 6: Iron speciation data and A'>Ceon-sw (gray symbols). a) all iron data, b) data from
samples with FeHR/FeT < 0.38 wt.%. Notice lack of increase in iron contents through
time and in particular across the Proterozoic-Paleozoic transition. Correlation plots and

iron data references provided in Supplementary Material.

Figure 7: Marine sulfate concentrations and A'*Con-sw (gray symbols). a) Temporal
variability since 3000 Ma and b) 600 Ma. Sulfate concentrations from Planavsky et al.
(2012), MSR-method of Algeo et al. (2015), Fakhraee et al. (2018), Fakhraee et al.
(2019), Shi et al. (2022), Habicht et al. (2002), Berner (2004), Halevy et al. (2012),
Blattler et al. (2018), Blittler et al. (2020), LaFlamme et al. (2021) and Krause et al.

(2022).

Figure 8: Porewater model results demonstrating potential controls on 8'*Cpic and
comparison to concretion record. Solid and dashed gray lines in a-c represent marine DIC
and organic matter 8'3C, respectively. a) impact of marine sulfate content. Note that as
sulfate concentrations increase, both §'*Cpjc minimum and maximum values decrease. b)
impact of external methane flux under modern marine sulfate concentrations. External
methane §'3C values are assigned the value achieved at the base of the modeled domain,
deviations from this value impact the minimum &'*Cpjc. Note that as external methane

input increases, $'*Cpic minimum values decrease and yield compositions below the
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organic matter 8'>C value. ¢) impact of marine sulfate content under variable external
methane flux (ext. CHy flux). Increased sulfate contents yield decreased 8'*Cpic
minimum and maximum values similar to overall trends observed in a. Note that 3'*Cpic
depletions produce minimum values that drop well below the organic matter 8'*C value
under high sulfate conditions. Maximum data trends overlap. In a-c, Ounethane-Dic = 0.94
and the isotopic difference between methane and DIC was maintained at ~75%o. d)
comparison between marine sulfate concentrations and minimum A"*Ceon-sw for the age
groupings discussed in the text. Blue bands represent ranges from Fakhraee et al., 2018,
2019, all other data are sulfate concentration averages. Notice decrease in minimum
isotope compositions with increasing sulfate content, similar to minimum model data in

c. Linear regressions and correlation strengths also provided.

Figure 9: Modeled variability in 3'*Cpic as a function of marine DIC content across a
range of marine sulfate concentrations. Increasing marine DIC yields higher §'*Cpic
minima except under the 0 mM sulfate condition. This increase is more pronounced at

lower marine sulfate concentrations. The §'*Cpic maxima are relatively invariant.

Figure 10: Comparison between organic carbon burial and minimum A*Ceon-sw for the

age groupings discussed in the text.

Figure 11: Impacts of organic carbon burial on isotope compositions. a) Comparison
between organic carbon burial and maximum A*Ceen-sw for the age groupings discussed

in the text. b) Modeled variability in 8'*Cpic as a function of total organic carbon (TOC)
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Abstract

Early diagenesis of marine organic matter dramatically impacts Earth’s surface
chemistry by changing the burial potential of carbon and promoting the formation of
authigenic mineral phases including carbonate concretions. Marine sediment-hosted
carbonate concretions tend to form as a result of microbial anaerobic diagenetic reactions
that degrade organic matter and methane, some of which require an external oxidant.
Thus, temporal changes in the oxidation state of Earth’s oceans may impart a first-order
control on concretion authigenesis mechanisms through time. Statistically significant
variability in concretion carbonate carbon isotope compositions indicates changes in
shallow marine sediment diagenesis associated with Earth’s evolving redox landscape.
This variability manifests itself as an expansion in carbon isotope composition range
broadly characterized by an increase in maximum and decrease in minimum isotope
values through time. Reaction transport modelling helps to constrain the potential impacts
of shifting redox chemistry and highlights the importance of organic carbon delivery to
the seafloor, marine sulfate concentrations, methane production and external methane
influx. The first appearance of conclusively anaerobic oxidation of methane-derived
concretions occurs in the Carboniferous and coincides with a Paleozoic rise in marine
sulfate. The muted variability recognized in older concretions (and in particular for
Precambrian concretions) likely reflects impacts of a smaller marine sulfate reservoir and
perhaps elevated marine dissolved inorganic carbon concentrations. Causes of the
increase in carbon isotope maximum values through time are more confounding, but may
be related to isotopic equilibration of dissolved inorganic carbon with externally derived

methane. Ultimately the concretion isotope record in part reflects changes in organic
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matter availability and marine oxidation state, highlighting connections with the

subsurface biosphere and diagenesis throughout geologic time.

1. INTRODUCTION

Carbonate concretions are isolated zones of relatively high cement content in sediments
and sedimentary rocks (Coleman, 1993). These precipitates can exhibit textural and
compositional characteristics that indicate initial formation within shallow sediments.
Shallow formation indicators include deflection of external lamination (Raiswell, 1971),
preservation of delicate primary sedimentary features (such as thin walled shells and
macrofauna carcasses) (Allison and Pye, 1994; Blome and Albert, 1985; Bramlette, 1946;
El Albani et al., 2001; Heimhofer et al., 2017; Martill, 1988), evidence of biological
interaction by burrowing organisms (Bjerlykke, 1973; Hesselbo and Palmer, 1992;
Savrda and Bottjer, 1988), erosional exhumation (Hesselbo and Palmer, 1992) and low
proxy-based formation temperatures (Dale et al., 2014; Loyd et al., 2012). Therefore,
carbonate concretions can result (at least initially) from relatively shallow diagenetic
processes that are intimately related to the chemical composition of marine bottom waters
and the availability of organic matter delivered to the sediment-water interface. The
geochemistry of Earth’s marine environments has experienced significant temporal
variability in part associated with an overall increase in oxidation state (Lyons et al.,
2014), associated fluctuations in marine chemistry (Canfield, 1998) and changes in

organic carbon export (Krause et al., 2022; Krissansen - Totton et al., 2021; Planavsky et

al., 2022) and organic matter composition (Brocks et al., 2017). In particular, variable
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organic carbon delivery to the seafloor and marine oxidant abundances (see below) likely
impacted shallow diagenetic processes related to remineralization.

Marine sediment-hosted carbonate concretions seem to form in association with

reactions that involve the microbial degradation of particulate organic matter and/or

methane (Irwin et al., 1977). Of these reactions, those considered most important for

concretion formation are iron reduction, organotrophic sulfate reduction, methanogenesis

and the anaerobic oxidation of methane (AOM) (Claypool and Kaplan, 1974; Coleman,

1993: Irwin et al., 1977: Orphan et al., 2004). The carbon isotope composition of

porewater DIC (8'3Cpic) is impacted by the relative contributions of these pathways

wherein organic matter and methane oxidation reactions cause porewater *Cpic depletion

and methanogenesis causes porewater *Cpic enrichment. The magnitude of isotope

enrichments and depletions is dictated by oxidant supply and reduced carbon source

(organic matter or methane), among other factors (e.g., Meister et al.. 2019). Carbonate

concretions inherit the carbon isotope composition of porewater DIC owing to minimal

1sotope fractionation during carbonate precipitation (Emrich et al., 1970; Ohmoto and

Rye, 1979). Thus, concretion carbon isotope compositions and can be used to track

carbon-phase reactants (organic matter or methane) and/or reaction pathways of shallow

marine diagenetic environments through time.

Here, carbonate concretion abundance and carbon isotope data (consisting of both
new and previously reported data) are used to characterize ancient marine shallow
diagenetic environments. These data are assessed through a transient reaction transport
model to explore potential impacts of contemporaneous environmental changes.

Ultimately, we show that amplified variability in concretion carbon isotope signatures
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coincides with proposed increases in organic carbon export and marine sulfate
concentrations, implicating these factors as important for diagenetic carbonate
mineralization throughout geologic time. Modeling results suggest that external methane
inputs are likely required to generate severe 'C depletions in concretionary carbonate.
Elevated marine dissolved inorganic carbon (DIC) contents may also play a role by
muting porewater isotope variability during much of the Precambrian. In addition, we
identify potentially counterintuitive coincident changes in methanogenesis-driven

diagenesis during the Phanerozoic.

2. METHODS

Marine sediment-hosted carbonate concretion occurrence and carbonate carbon
isotope composition (8'*Cecon) data (~5,000 data points from ~170 units) were primarily
compiled from published reports. New 8'*Ccon data were collected from select time
periods where isotope data have not been reported (see Supplementary Tables 1, 2). Host
rock formation name, age, and lithology, and concretion mineralogy, crystallographic
habit (for septarian concretions), carbon and oxygen isotope data were also collected
(Supplementary Tables 1, 2 and 3), as available. Similar information provided for
authigenic carbonates recovered from siliciclastic marine sediments is provided for
comparison (Supplementary Table 4). Most new concretion data were generated from
powders of slabbed samples using a Dremel® rotary tool fitted with a 3-mm carbide drill
bit. Triplicate 5-7 mg splits of concretion powders were dissolved in 10% phosphoric
acid in sealed and evacuated exetainer vials. The carbon isotope composition of produced

CO; was determined using a G2121-1 Picarro® Cavity Ringdown Spectrometer (CRDS)
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via introduction through an Automate® carbonate preparation device. Limited additional
new carbon isotope data from the Chuar Group (nine data points) were generated using a
VG Instruments PRISM 1I isotope ratio mass spectrometer after sample dissolution in a
common acid bath at 90°C. Isotope compositions reported in the typical delta (d) notation
in permil (%o) versus the VPDB standard. Isotope values were determined by comparison
with international [TAEA NBS-18 (8'*C = —5.014%o, 8'%0 = —23.2%o), Carrara Marble
(8"3C = +2.46%o, 5'%0 = —2.37%o0), NIST SRM 915B (8'*C = -8.53)] and laboratory
[CRCPI0 (8'3C = —4.13%0), CRC200 (8'3C = +2.12%0), WD-1A (5"°C =—42.61%0)]
standards. New carbon isotope data reproducibility was better than +/— 1.0%o (2 s.d.).

Statistical parameter estimation of the mean, variance, minimum, maximum and
range of carbon isotope data was accomplished via bootstrapping (Efron, 1979) across
select time periods (Supplementary Table 5). Biases in estimating extrema were
simulated empirically from repeated resampling, and then applied to adjust distributions
for parameter estimation of maximum and minimum_values (Efron, 1982). Confidence
intervals (95%) for each numerical summary across the selected time periods were
generated via the bootstrap empirical distributions, as were pairwise statistical hypothesis
tests between each pairwise combination of selected time periods.

The factors that control potential ranges in carbon isotope compositions were
evaluated using a previously described transient reaction transport model (Meister et al.,
2013; Meister et al., 2019). This model was developed in part to constrain transport and
biogeochemical impacts on isotope compositions of the dominant carbon-containing
porewater phases. Marine sulfate concentrations, organic carbon content at the sediment-

water interface, external methane delivery, isotope fractionation during methanogenesis
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and marine DIC contents were varied to explore impacts on porewater DIC isotope
compositions. Here, complete ranges in porewater §'>Cpic values (including maxima and
minima) are explored without predicting specific depths of carbonate authigenesis (in
contrast to Laakso and Schrag (2020)). The modelled porewater isotope compositions are
thus reflective of all of the possible concretion isotope compositions, resolving potential
uncertainties in mineralization depth (e.g., Meister et al., 2019). Model inputs and
parameterizations are provided in the Supplementary Materials (“Modelling Approach”),
as is a diagram demonstrating how maximum and minimum values were determined
(Supplementary Figure 1). Model results are compared to the ancient concretion carbon
isotope record to identify potential drivers of temporal variability, they are not intended

to recreate specific intervals of the record.

3. RESULTS

Carbonate concretions have been identified in 379 geologic formations. Of these
units, carbon isotope data have been compiled or generated from 173, representing ~ 46%
8'3Ccon coverage. The age distribution of carbonate concretions is not uniform; the vast
majority have been identified in units younger than 600 Ma (Figure 1). An exception to
this broad temporal trend is a relatively short-lived, concretion-abundant interval between
~2150 to 1750 Ma (Figure 2b). Within the Phanerozoic, concretion occurrence generally
increases (aside from a few exceptions) up to the modern (Figure 1c). As has been
recognized in a previous compilation (Mozley and Burns, 1993) concretions mostly occur
within shale hosts (Figure 2a) and calcite represents the dominant mineralogy (Figure

2b).
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Carbon isotope compositions range from —54.0 to +32.5%o for the entire data set.
Absolute 8'*Ceon values provide only limited insight into concretion formation
mechanisms. These data must be corrected to account for the contemporaneous seawater
8'3C value, which represents the starting condition that is subsequently modified
by shallow diagenetic processes. This correction is relatively unimportant for Cenozoic
concretions because seawater 8'°C does not significantly deviate from 0%o. However, a
growing body of primary carbonate (i.e., non-diagenetic) carbon isotope data suggests
that seawater 8'°C was significantly different in earlier time periods (in particular during
intervals within the Proterozoic), in some cases reaching values as high as +11
(e.g., Maheshwari et al., 2010) to as low as —12%o (e.g., Halverson et al., 2005). In order
to account for changes in seawater carbon isotope compositions, the quantity A’Ceon-sw is
defined as ABCeon-sw = 813Ceon — 8'*Csw. Where 8'3Csy is the contemporaneous seawater
carbon isotope composition as determined by either 1) the primarily Phanerozoic curve of
Veizer et al. (1999) or 2) stratigraphically nearby non-diagenetic carbonate beds. The
ABCeon-sw parameter presented in Figure 4 thus reflects specific diagenetic pathways more
directly than §'3Ccon. Uncertainties related to the primary carbonate 8'°C value and
temporal variability in isotope fractionation associated with organic matter production
(e.g., isotopic differences between contemporaneous marine DIC and organic carbon
varying between ~30 and 25%o, Kump and Arthur, 1999) are accounted for by the gray
solid and dashed bands in Figure 3.

Values of A3Ceon-sw exhibit significant changes since ~2800 Ma (Figure 3), as

outlined below.
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e Archean concretion samples from ~2800, 2603 and 2600 Ma units yield
ABCcon-sw values that range from +9.9 to +15.0%o, —4.5 to +1.8%o and +0.9
to +2.4%o, respectively.

e Early Proterozoic concretions (of the ~2150 to 1750 Ma interval discussed
above) show ACeon-sw values that range from —24.5 to +1.4%o. ~1400 Ma
concretions express A'>Ceon-sw from —1.1 to +1.9%o.

e Concretions from a single middle Neoproterozoic site (~745 Ma) exhibit
ABCon-sw values ranging from —15.6 to —7.9%o.

e Late Neoproterozoic (~560 and 555 Ma) carbonate concretions exhibit
ABCeon-sw values from —3.5 to +5.4%o.

e Cambrian to Devonian (542-360 Ma) concretions display an increased
range in A®Ceon-sw, With values extending from ~ —25.3%o to +24.5%o.

¢ Younger concretions within Carboniferous to Permian sedimentary rocks
express A*Ceon-sw values extending from —54.6 to +9.5%o.

e Triassic to Holocene concretions yield A*Ceon-sw values ranging from —

55.7 to +31.5%o.

For comparison, marine sedimentary authigenic carbonate data (compiled in
Supplementary Table 4, after Loyd and Smirnoff (2022)) are also provided. Note that
sedimentary authigenic carbonates characterized as “modern”, may rather have formed at
any time since the ages of the host sediment (host sediment ages provided in
Supplementary Table 4). Similarly, carbonate concretions must have formed after

deposition of the host rock. However, given that these precipitates form relatively soon



230
231
‘232
233
234
235
236
237
238
239
240
241
242
F43
244
245
246
247
248
249
250
251

252

after deposition, concretion ages are here approximated as the same as their host
sediment. Means, minima, maxima and ranges are provided for the above age groupings
in Figure 4; histograms are displayed in Supplementary Figure 2, and statistical similarity
analyses are provided in Supplementary Table 5.

As with primary carbonate phases, concretions may be altered by later diagenetic
processes that overprint original carbon isotope compositions as often indicated by *O-
depleted compositions (Bojanowski et al., 2014; Gross and Tracey Jr, 1966; Seewald,
2003). To screen for potential late diagenetic impacts on the temporal record, plots
limited to samples expressing oxygen isotope compositions > —10%o and > —5%o have
been generated (Supplementary Figure 3). These plots express similar trends as the
complete record, suggesting that later diagenetic alteration does not strongly influence the

broad temporal trends in AP Ceon-sw.

4. DISCUSSION

The concretion occurrence and carbon isotope data presented here provide a more
detailed picture of a temporal variability hypothesized by previous researchers (Melezhik
and Fallick, 1996). The potential controls of this distribution are discussed below. Firstly,
the quantities of concretion-bearing units and preserved marine sedimentary formations
are compared to determine if variability can be explained simply by changes in the
amount of rock preserved. Then, the major shifts in concretion carbon isotope
composition are assessed in the context of potential controls on early marine diagenesis

and mineralization.

10
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4.1. Insights from the concretion record

The ability to assess the evolution of Earth-surface environments is increasingly
challenging as we move back in time due to the limited preservation of older rocks. In
addition, ongoing research shows that the mass of preserved sedimentary rock is not
readily explained by erosive processes alone. Instead, changes in the Earth-surface
system have likely impacted the production of sedimentary rock through time (Husson
and Peters, 2018; Ronov et al., 1980). Reconstructions of the temporal abundance of
passive margins (Bradley, 2008) and the quantity and volume of marine sedimentary rock
formations (preserved on the North American continent) correlate with the quantity of
concretion-bearing units (Supplementary Figure 4). Therefore, an environmental signal
cannot be confidently identified even though a clear temporal change in concretion-
containing units is evident. The concretion abundance record may also be obscured by
reporting biases in the literature, the dominant data source for this compilation. As a
result, the remaining discussion focuses on concretion carbon isotope data (A'*Cecon-sw)
and potential controls on its variability.

The carbon isotope composition of a carbonate concretion is inherited from the
porewater DIC from which it precipitates. Since there is only minimal isotope
fractionation associated with carbonate mineral production (Emrich et al., 1970; Ohmoto
and Rye, 1979), carbonate concretions provide a unique proxy for ancient diagenetic
settings. The carbon isotope composition of DIC in porewater reflects a mixture of
carbon derived from seawater, the oxidation of organic matter and the oxidation of
methane. In addition, methanogenesis exhibits a significant isotope fractionation

(Whiticar, 1999) that can further impact porewater DIC. The ranges in isotope

11
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composition expressed in marine sediment porewaters result from the relative importance
of these different reactions in addition to the transport of carbon-containing reactants and
products (Zeebe, 2007). Oxidation- and organic matter-dependent reactions appear to
typify much of Earth history, as evidenced by the widespread occurrence of negative
values of A'*Cecon-sw. These reactions require external reactant(s), potentially including
aqueous sulfate and particulate iron oxide, and organic matter and/or methane carbon
sources. A growing body of research provides insight into the relative temporal
abundances of some of these phases. The following discussion explores reactant
variability and then connects these trends to specific characteristics of the A*Ceon-sw

record to evaluate the evolution of marine diagenetic environments.

4.2. Organic matter as a carbon source for carbonate precipitation

The dominant concretion-forming mechanisms in marine sediments involve the
anaerobic degradation of organic matter or methane (Claypool and Kaplan, 1974;
Coleman, 1993; Irwin et al., 1977). Methane primarily forms by the degradation of
organic matter, either directly through fermentation reactions or indirectly through the
reduction of carbon dioxide derived from organic matter (Koyama, 1963; McCarty,
1964). Therefore, all of the major reaction pathways that lead to concretion
precipitation involve organic matter in one way or another.

The amount of marine carbon buried as organic matter has changed through time
(Figure 5), partially in concert with shifts in the oxidation state of Earth’s surface (Krause

et al., 2022; Krissansen - Totton et al., 2021; Planavsky et al., 2022). Our ability to assess

carbon burial relies primarily on temporal changes in the carbon isotope compositions of

12
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primary marine carbonates, which approximately record the isotope composition of
oceanic DIC at the time of deposition (Schidlowski et al., 1975). Assuming that marine
carbonate §'3C changes reflect steady-state oceanic inorganic carbon budgets, increases
correspond to enhanced organic carbon burial whereas decreases reflect increased organic
carbon destruction (i.e., oxidation) (Kump and Arthur, 1999). Although the §'3C
composition of limestones and dolostones preserved in the geologic record may not
faithfully record original marine conditions (e.g., Knauth and Kennedy, 2009), long-lived
and global positive carbon isotope excursions are difficult to explain without invoking
primary marine drivers. In particular, the ~2.3 to 2.1 Ga Lomagundi excursion
corresponds to a large ~ +10%o carbonate carbon isotope swing (e.g., Schidlowski et al.,
1976) thought to be related to massive deposition of organic matter and an increase in
atmospheric O (e.g., Eguchi et al., 2020; Karhu and Holland, 1996). Although the
Lomagundi positive isotope excursion has been interpreted as a diagenetic signal related
to methane production (Hayes and Waldbauer, 2006), contemporaneous trends in sulfur
and sulfur isotope geochemistry are more parsimoniously interpreted as consistent with a
primary origin (Planavsky et al., 2012). The Lomagundi event overlaps with the
beginning of the concretion-abundant interval between ~2.15 to 1.75 Ga (Figure 1a, b)
(Melezhik and Fallick, 1996). In addition to enhanced organic matter burial,
contemporaneous changes in the redox state of the oceans at this time may have yielded
complementary conditions required to stimulate sedimentary diagenesis, such as the
introduction of other oxidants to Earth’s surface environment (see section 4.3 below).
Similar, long-lived primary carbonate positive §'*C values (> +5%o) occur

between glacial intervals in the post-~800 Ma Cryogenian Period (Halverson et al.,
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2005). These *C-enriched values are likewise interpreted to represent the enhanced
burial of organic matter (Derry et al., 1992; Des Marais et al., 1992) and recent modeling

results support these findings (Kipp et al., 2021; Krause et al., 2022; Krissansen - Totton

et al., 2021; Planavsky et al., 2022). Beginning about the same time (~750 Ma) and
extending toward the Proterozoic—Cambrian boundary, a transition in clay mineral
production may have facilitated enhanced burial of organic matter (Kennedy et al., 2006;
Kennedy et al., 2002). However, the direct impacts of this transition on atmospheric
oxygen contents have been challenged (Tosca et al., 2010). In addition, labile organic
matter that is buried in clay-rich sediments can be protected from degradation (Keil et al.,
1994), complicating the ability to predict potential impacts of secular changes in clay
production on shallow diagenetic environments.

Temporal variability in the total organic carbon (TOC) contents of marine shales
also provides support for fluctuating organic carbon burial (Och and Shields-Zhou, 2012;
Sperling and Stockey, 2018). Importantly, TOC contents increase significantly across the
Neoproterozoic—Cambrian boundary and remain relatively high throughout the
Phanerozoic (Sperling and Stockey, 2018) as also supported by modeled reconstructions

of organic matter burial rates (Krause et al., 2022; Krissansen - Totton et al., 2021;

Planavsky et al., 2022). Shallow-marine diagenesis may have been stimulated as a result
of this high organic carbon burial rate.

Recent work has also revealed a profound shift in the nature of marine organic
matter between the Cryogenian “Snowball Earth” glacial intervals (~659 to 645 Ma).
Biomarker data suggest a transition from a dominantly bacterial to a bacterial and

eukaryotic marine planktonic biosphere (Supplementary Figure 5) (Brocks et al., 2017).

14



345

346

347

348

349

350

351

352

353

354

355

356

357

358

359

360

361

362

363

364

365

366

367

This expansion in marine biosphere diversity may have heralded contemporaneous
changes in organic matter reactivity. Organic matter reactivity impacts the efficiency of
remineralization (e.g., Burdige, 2007) and can influence degradation pathway (Meister et
al., 2013). However, the relationship between organic matter source (eukaryotic versus
non-eukaryotic) and general reactivity remains poorly understood. Therefore, the addition
of significant eukaryotic biomass may or may not have increased the reactivity of organic
matter and thus stimulated shallow diagenesis. The record of carbonate concretions since
~659 to 645 Ma exhibits its own interesting trends, perhaps related to two subsequent
biological transitions, the appearance and proliferation of metazoans and land plants
(Supplementary Figure 5).

Partially decayed carcasses of animals, including bones and calcium carbonate or
phosphate shells, sometimes occur within carbonate concretions (EI Albani et al., 2001;
Gaines et al., 2005; Yoshida et al., 2015). Such materials may have provided triggers for
localized remineralization and carbonate precipitation since the latest Neoproterozoic.
The large accumulation of organic matter associated with decaying animal carcasses
provides a local source for anaerobic degradation processes that can cause focused
alkalinity increase and thus facilitate carbonate formation (e.g., Duck, 1995). Inorganic
mineral phases (shell calcite, aragonite, or phosphate and bone) can also provide
nucleation sites for precipitation due in part to the reduced thermodynamic hurdles
related to mineral formation on preexisting crystalline materials (Berner, 1980;
Sunagawa, 1994).

The arrival of extensive (plant) terrestrial ecosystems during the Silurian

(Supplementary Figure 5) and their expansion thereafter (Gibling and Davies, 2012;
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Kenrick and Crane, 1997) likely resulted in a more substantial delivery of exogenous
organic matter to the oceans. Such remains occur in marine sediments of the Phanerozoic
(Sackett et al., 1974). Raiswell and Berner (1986) have demonstrated a shift toward
higher C/S ratios in normal marine shales by the Middle Devonian, consistent with
increased delivery of terrestrial organic matter (TOM) thereafter. Remineralization of this
TOM could promote carbonate concretion authigenesis. Indeed, modern TOM is thought
to provide a significant portion of the total organic carbon budget, particularly in coastal
marine sediments (Burdige, 2005; Schliinz and Schneider, 2000). However, TOM may be
less reactive than marine organic matter (Aller et al., 1996; Burdige, 2005; Hedges et al.,
1997), potentially obscuring the potential impacts of increased delivery. Regardless, such
a fundamental shift in carbon sources to marine sediments is likely to have impacted

shallow marine diagenetic processes in shelf and slope depositional settings.

4.3. Oxidant availability and its influence on organic matter remineralization
Diagenetic processes in shallow marine sediments (including concretion
formation) are impacted by the abundance of organic carbon (Arndt et al., 2013), the
availability and nature of which has likely changed through geologic time (see above).
Remineralization reactions may or may not require additional external oxidant and thus
the fate of buried organic matter is variably tied to oxidant availability. The temporal
variability of select oxidants, including sedimentary iron oxide and marine sulfate
contents (recognized as important in organic matter remineralization and carbonate

authigenesis) is discussed in this section.
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The idea that Earth’s surface has experienced progressive oxygenation is widely
accepted. The structure of this oxygenation however, remains a topic of considerable
debate. In addition, progressive oxygenation likely impacted the abundances of specific
oxidants through time differently. These oxidant budgets in turn likely imparted a first-
order control on sedimentary diagenesis of marine environments by stimulating oxidative
degradation of organic matter and methane. The temporal evolutions of oxygen and

oxidant availability are outlined below.

4.3.1 Oxygen (O2)

Atmospheric oxygen concentrations likely provide a first-order control on the
oxidation state and oxidant capacity of surface environments (both terrestrial and
marine). The oxygen content of the atmosphere is thought to have increased as a result of
two major oxygenation events. The first of these corresponds to the ~2.5-2.3 Ga Great
Oxidation Event (GOE) and is at least casually linked to photosynthetic O> buildup
(Holland, 2002). This earlier oxygen increase, however, was probably not permanent,
terminating with a return to lower oxygen conditions (Bekker and Holland, 2012; Partin
et al., 2013). The second increase in oxygen content is thought to have occurred during
the Late Neoproterozoic to early Cambrian (Chen et al., 2015; Sahoo et al., 2012; Scott et
al., 2008), may have resulted in the ventilation of portions of the deep ocean and heralded
the oxygen-rich conditions exhibited today (Lyons et al., 2014). Phanerozoic atmospheric
oxygen contents have also fluctuated, albeit at a higher level (between ~10-100% present

atmospheric level) (e.g., Berner and Canfield, 1989; Lenton et al., 2018).
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Despite increasing oxygen concentrations in Earth’s atmosphere, the oxidation
state of the oceans has exhibited its own complexity, driven in part by the evolving
atmospheric boundary condition (Canfield, 1998; Lyons et al., 2009). Prior to the GOE
Earth’s oceans were predominantly ferruginous (iron(Il)-rich) at all depths. After the
GOE and until the Proterozoic-Phanerozoic boundary, the redox structure shifted to
include oxic and/or sulfidic shallow/mid-depth waters over a persistently ferruginous
deep ocean, reflecting in part the delivery of sulfate by oxidative weathering on land and
its subsequent reduction to hydrogen sulfide in the water column (Lyons et al., 2009;
Planavsky et al., 2011; Poulton et al., 2010). In contrast, generally oxygenated oceans
typify the Phanerozoic, with low oxygen and sulfidic marine environments restricted to
near-shore, productive and/or restricted settings (Anderson and Devol, 1973; Jacobs et
al., 1985; Price and Calvert, 1973; Skei, 1983). These marine transitions are relatively
coarse; the fine-scale structure of the redox state of the oceans is potentially much more
complex and remains the topic of considerable debate (Lyons et al., 2014). Although the
general transitions in atmospheric and ocean oxidation state are widely accepted, bottom
water concentrations of oxidized phases other than oxygen (including iron oxides and
dissolved sulfate) are less well constrained. Oxidant availability at the sediment—water
interface impacts the degradation potential of sedimentary organic matter and methane

and thus provides a first order control on shallow marine diagenesis.

4.3.2 Particulate Iron Oxide

Iron oxide minerals provide an attractive electron acceptor for organic matter and

methane oxidation and subsequent concretion precipitation. Iron reduction metabolisms
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are thought to be relatively ancient, as indicated by iron isotope compositions in rocks as
old as ~3.8 Ga (Supplementary Figure 5) (Craddock and Dauphas, 2011). A compilation
of speciation data for shale-hosted iron provides insight into the relative availability of
iron oxide through time (Figure 6). The highly reactive iron fraction (FeHR) includes
oxide phases (e.g., hematite, magnetite) and reduced phases (e.g., pyrite and iron
carbonate minerals) (Raiswell and Canfield, 1998) and thus can be used to assess the
original iron oxide content (before and after reduction) of marine sediments (see below).
Despite changes in the oxidation state of Earth's surface, broadly expressed as an
increase in atmospheric and oceanic oxygen through time, the availability of FeHR in
marine shale appears relatively static (Figure 6). Indeed, Sperling et al. (2015) find
similarly unchanged iron speciation from the Proterozoic to the early Paleozoic. Iron data
have also been screened to exclude samples with FeHR/FeT values greater than 0.38 (the
threshold for sediments deposited under anoxic conditions; Poulton and Raiswell, 2002),
to remove samples with elevated FeHR that are unrelated to sedimentary Fe** delivery.
This restricted data set likewise does not show significant variability among the time
intervals of interest here. However, iron speciation data are not equally available for the
different time periods (Sperling et al., 2015). More continuous population of this data set

may reveal temporal variability that is missed by this compilation.

4.3.3 Aqueous Sulfate
The understanding of the temporal evolution of marine sulfate concentrations has
developed significantly over the past twenty years. This understanding stems from fluid

inclusion data (Horita et al., 2002; Lowenstein et al., 2003), sulfur isotope variability
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(Algeo et al., 2015; Gill et al., 2011; Kah et al., 2004; LaFlamme et al., 2021; Planavsky
et al., 2012) and fractionation magnitude experiments (Habicht et al., 2002), modeling
(Berner, 2004; Fakhraee et al., 2018; Fakhraee et al., 2019; Krause et al., 2022; Shi et al.,
2022) and the occurrence of marine evaporite deposits in the geologic record (Evans,
2006; Halevy et al., 2012; Wortmann and Chernyavsky, 2007). Sulfate concentrations
(Figure 7) exhibit a transient rise in association with the ~2.3 to 2.1 Ga Lomagundi
interval (Planavsky et al., 2012; Salop, 1982; Schroder et al., 2008) which overlaps with
the beginning of the relatively concretion-abundant interval at ~2.15 to 1.75 Ga
(Melezhik and Fallick, 1996). Evaporite paragenetic data that show halite saturation prior
to gypsum/anhydrite may indicate a return to low sulfate concentrations by ~1.9 Ga
(Blattler et al., 2018; Pope and Grotzinger, 2003).

At ~1.7 Ga sulfate concentrations have been estimated at ~1.5 mM and remain
below ~5 mM until ~750 Ma where sulfate concentrations increase to ~10 + 5 mM
(Bléttler et al., 2020; Kah et al., 2004; Krause et al., 2022), similar to the Phanerozoic
minimum (Horita et al., 2002; Lowenstein et al., 2003). Within the Phanerozoic, sulfate
concentrations vary (Figure 7b), reaching up to ~28 mM in the modern (Horita et al.,
2002; Lowenstein et al., 2003). This variability is broadly characterized by two stepwise
increases, one occurring across the Ediacaran—Cambrian boundary where concentrations
are thought to have reached up to ~10 mM in the early Cambrian and the other beginning
in the late Paleozoic. The timing of late Paleozoic sulfate increase varies depending on
literature source; however most reconstructions display an increase at the beginning or
within the Carboniferous. Note that the sulfate records presented in Figure 7 may not

include brief episodes of sulfate fluctuation such as those associated with the Permian—

20



481
482
483
TI.84
485
486
487
488
k89
190
191
192
193
194
195

496

497
498
499
500
’;01
502

503

Triassic interval (Luo et al., 2010; Song et al., 2014) and Cretaceous Ocean Anoxic

Events (Adams et al., 2010; Ohkouchi et al., 1999).

4.4. Evolving carbon isotope distribution in shallow diagenetic environments
throughout Earth history

As discussed above, A*Ceon-sw provides insights into temporal changes in shallow
marine diagenesis, particularly when isotope compositions exceed or fall below threshold
values. Data mean, maximum, minimum and range values for different age intervals
demonstrate significant temporal variability (Figure 4), perhaps related to evolving

marine diagenetic environments. It is important to note that the data-limited

Neoproterozoic and older record may be more susceptible to biases associated with local

rather than global environmental controls (depositional environment, etc.) compared to

the data-replete younger record. We acknowledge that additional data collection may help

resolve this potential bias and interpret the concretion carbon isotope variability

demonstrated here in the context of broad temporal changes in Earth’s surface

environment. A lack of clear changes in reactive/oxide iron phases (Figure 6,

Supplementary Figure 6) suggests that particulate iron oxides do not drive A®*Ceon-sw
variability. Thus, concretion isotope evolution is discussed in the context of other
potential controls in the following discussion.

Prior to ~2.15 Ga, concretions yield values that overlap with or exceed
contemporaneous seawater values (i.e., A>Cecon-sw > 0%o, Figure 3). The earliest
concretions (~2.8 Ga) express positive A3 Ceon-sw values indicating formation as a result

of methanogenesis (Dix et al., 1995). Molecular clock studies suggest early evolution of
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methanogenesis metabolisms, perhaps originating at ~3.8 to 4.1 Ga (Supplementary
Figure 5) (Battistuzzi et al., 2004), well before the formation of these earliest known
concretions. Later Archean concretions within ~2.6 Ga rocks express 8'>C values that do
not differ significantly from seawater values (Figure 3a), suggesting a dominantly marine
DIC or primary carbonate mineral dissolution source.

The prevalence of near neutral A">Ceon-sw values during the Precambrian (Figure
3) may reflect the combined effects of low sulfate availability and high marine DIC
contents. As confirmed by model results, lower sulfate concentrations limit porewater
oxidation of sedimentary organic matter and methane and preclude severe decreases in
8"3Cpic (Figure 8 and Supplementary Figure 7) and thus A'3Ceon-sw. This is consistent
with previous modelling work exploring impacts of low sulfate concentration on
porewater and authigenic carbonate §'°C (Laakso and Schrag, 2020). Marine DIC
contents may have been relatively high early in Earth history as supported by muted
variability in marine §'°C (Bartley and Kah, 2004) and carbonate fabrics that indicate
rapid precipitation (Grotzinger and James, 2000). Under elevated marine DIC conditions,
shallow porewaters would be buffered against isotope modification by diagenesis. The
potential impacts of an increased marine DIC reservoir are demonstrated in Figure 9.
Importantly, under low sulfate and high marine DIC conditions, porewater 8'*Cpic
variability is diminished, manifested primarily as an increase in minimum values. Under
higher sulfate concentrations, the impacts of increasing marine DIC are less substantial.
Therefore, high marine DIC values during the Precambrian may have contributed to the

limited variability observed in A'*Ceon-sw.
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Conclusively oxidation-derived carbonate concretions first appear at ~2.15 Ga. In
fact, all concretion-hosting units between ~2.15 and 1.75 Ga include samples with
predominantly negative A*Ceon-sw (Figure 3a). The A®Ceon-sw values extend down to ~ —
25%o, consistent with at least partial carbon incorporation from organic matter, methane
or both (Melezhik and Fallick, 1996). The A'*Ccon-sw value of Lomagundi concretions
(and other Precambrian-aged concretions) is constrained by nearby limestones considered
to reflect primary marine DIC (see Results). In this regard, the '*C-depleted A*Ceon-sw
values of the Lomagundi interval should not be impacted by potential facies dependency
of primary 8'°C values (Prave et al., 2022). In addition, the limestone 8'°C values used to
constrain A Ceon-sw do not exceed +5.4%o (Supplementary Table 1) and thus do not drive
the low A®Ccon-sw during this interval.

Intriguingly, the Lomagundi interval post-dates the GOE and coincides with a
transient increase in marine sulfate concentration (Planavsky et al., 2012). Concretions of
the Lomagundi interval express A!*Ccon-sw values significantly lower than the preceding
and following Precambrian (Figure 5), perhaps testament to a significant control of
increased marine sulfate on porewater DIC (see Figure 8a). Concretions with the lowest
ABCon-sw values formed during the highest marine sulfate concentrations (up to ~ 11
mM, Fakhraee et al., 2019; Planavsky et al., 2012) of the Lomagundi interval (Figure 7a).
Thereafter, values increase but remain negative until ~1.75 Ga, despite an apparent
massive drawdown in marine sulfate at the tail end of the Lomagundi event (Planavsky et
al., 2012). Unfortunately, marine sulfate concentrations are not well resolved between the
sulfate “crash” and ~1.75 Ga. Constraining sulfate concentrations in this interval would

provide additional insight.
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The next occurrence of carbonate concretions is reported in the ~1.4 Ga
Xiamaling Formation. These concretions express A!*Ceon-sw near 0%o, interpreted to
represent a marine DIC carbon source (Liu et al., 2019) rather than one that requires
oxidative processes. Sulfate concentrations were relatively low at 1.4 Ga (Figure 7),
perhaps explaining the return to near neutral A'*Ccon-sw. The next youngest reported
concretions occur in shales of the ~745 Ma Kwagunt Formation of the Chuar Group
(Dehler et al., 2005). These concretions exhibit A*Ceon-sw values ranging from ~ —15 to ~
—7%o (supplemented with new data reported here) and a return to at least partial carbon
derivation from the oxidation of organic matter and/or methane. Intriguingly, sulfate
concentrations may have been relatively high during this time interval (Kah et al., 2004),
which was followed by subsequent decreases associated with Neoproterozoic glacial
intervals (Hurtgen et al., 2002). Thus prior to the Cambrian, low A3 Ceon-sw values
coincide with intervals of transient high marine sulfate concentrations.

Negative APCeon-sw values dominate the relatively well-resolved Phanerozoic
record thereafter (Figure 3), when marine sulfate concentrations were high. Indeed, mean
ABCon-sw values are significantly lower in the Phanerozoic compared to non-Lomagundi
Precambrian counterparts (Figure 4a). Phanerozoic mean A’ Ceon-sw values range from ~ —
7.9 to —5.6%o whereas the non-Lomagundi Precambrian mean A*Ceon-sw value is ~ —0.5%o
(Figure 4). This decrease demonstrates the oxidative impact of a growing marine sulfate
reservoir. Intriguingly, the mean A*Ceon-sw value remains relatively stable throughout the
Phanerozoic, despite a subsequent increase in marine sulfate during the mid- to late
Paleozoic. The static Phanerozoic mean A!*Ceon-sw values developed, in part, as a result of

the expansion of the concretion carbon isotope record to include compositions both
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depleted and enriched in '*C (Figure 4). The implications of this expansion as related to
changing minimum and maximum A!*Ceon.sw are discussed below.

Early Paleozoic concretions (Cambrian to Devonian samples) express a minimum
ABCeon-sw value that extends down to ~ —25%o, the approximate concurrent organic matter
composition. This minimum value is similar to that of the Lomagundi interval (Figure 4,

Supplementary Table 5). Reported marine sulfate concentrations are comparable for these

two time intervals, reaching up to ~10 mM (Figure 7). This similarity underscores the
control of marine sulfate concentrations on A"*Ceon-sw.

ABCeon-sw values do not drop below —25%o until ~325 Ma (Figures 3 and 4),
following reported elevated marine sulfate concentrations in the Carboniferous (Berner,
2004; Gill et al., 2007; Halevy et al., 2010) and representing the first conclusive evidence
for methane oxidation-derived inorganic carbon. Similar low isotope compositions persist
throughout the remaining record (see minimum A*Ccon-sw values in Figure 4). These data
imply that the AOM pathway has been an important methane consumption and
concretion producing reaction since at least ~325 Ma and perhaps earlier (methane
oxidation-derived concretions need not produce values below —25%o if other carbon
sources also contributed). Modern marine sediments often show porewater 8'*Cpic
minima that approach but do not drop below the organic matter value despite active
AOM, suggesting quantitative oxidation of locally produced methane by sulfate in
shallower sediments (Meister et al., 2019). Modeling results indicate that both high
marine sulfate and an external source of methane are required to produce isotope
compositions significantly lower than —25%o (Figure 8 and Supplementary Figure 7). The

degree of 1°C depletion below —25%o ultimately depends on marine sulfate content, the
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amount of methane entering the system and its §'3C. Perhaps not surprisingly, non-
concretionary methane cold-seep authigenic carbonates express similarly diagnostic, low
8'3C values at about the same time. The transition to conclusively methane-oxidation-
derived seep carbonates has likewise been attributed to increased marine sulfate
concentrations (Bristow and Grotzinger, 2013). The Paleozoic appearance of
diagnostically low concretion and seep-carbonate A!*Ceon-sw values did not result from the
concurrent evolution of organisms capable of AOM as these lineages are relatively
ancient, perhaps existing since ~2.6 to 2.8 Ga (Supplementary Figure 5) (Battistuzzi et
al., 2004; Hinrichs, 2002).

The relationship of AOM-derived authigenic carbonate to temporal delivery of
external methane is more difficult to resolve. We speculate that the generation of
significant methane accumulations may in part be related to enhanced organic carbon
burial in the Phanerozoic (from marine and/or terrestrial sources, see above). This
methane could then be delivered to shallow sediments relatively quickly (perhaps through
methane hydrate dissolution, for example) and oxidized to generate the severe '*C
depletions diagnostic of AOM. A negative correlation between mean organic carbon
burial rates and minimum A'3Ceon-sw values (that also drop below —25%o, Figure 10)
supports this assertion. Constraining the temporal distribution of large methane reserves

is beyond the scope of this work, but may provide additional insight.

4.5. Identifying dominant controls on carbon isotope minima and maxima of

inorganic carbon
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4.5.1. 6**C minima in the AOM zone

As discussed above, sulfate appears to play an integral role in governing Earth’s
shallow marine digenetic environments. The relationship between marine sulfate
concentration and concretion isotope compositions is emphasized in Figure 8d. This plot
demonstrates a strong negative correlation between the sulfate content and minimum
ABCcon-sw during the time intervals discussed above. Encouragingly, this correlation
mimics the porewater minimum 8'*Cpic model results of Figure 8¢ where the impacts of
changing marine sulfate contents are displayed under variable external methane flux.
Ultimately these results demonstrate that marine sulfate concentrations and the delivery
of external methane dictate the minimum 8'*Cpjc (and A®*Ceon-sw) values generated in the

AOM zone.

4.5.2. 53C maxima in the methanogenic zone

Collectively, Phanerozoic concretions express A'*Ceon-sw values that are consistent
with oxidation and methane-producing reactions. The increase in the range in isotope
compositions within the Phanerozoic is manifested as both a decrease in minimum and an
increase in maximum values (Figures 3 and 4). As discussed above, sulfate appears to be
an important external oxidant as revealed by relationships between sulfate concentration
and A*Ceon-sw data. However, the coincident increase in the abundance of conclusively

methanogenesis-derived concretions_(as indicated by positive ABCeonsw) is not

straightforwardly attributable to increasing sulfate concentrations.
It has been proposed that an increase in the quantity of organic matter delivered to

the sediment-water interface may dictate the relative importance of concretion-yielding
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diagenetic reactions, such that higher amounts promote organic matter persistence to the
deeper methanogenesis zone (Mozley and Burns, 1993). In this regard, the increase in the
quantity of organic matter in Phanerozoic compared to Neoproterozoic marine sediments
recognized by Sperling and Stockey (2018) and supported by model reconstructions
(Krause et al., 2022; Krissansen - Totton et al., 2021; Planavsky et al., 2022) may have
promoted the expansion of methanogenesis (Sivan et al., 2007). However, maximum
APCon-sw values do not show significant correlation with organic carbon burial (Figure
11a). Figure 11b and Supplementary Figure 8 show variability in modeled maximum
8'3Cpic values as a function of TOC deposited at the seafloor. Note that the global
organic carbon burial rate does not dictate the specific quantity of TOC deposited on the
seafloor at any given location. However, broad increases in organic carbon burial are
likely to lead to generally higher TOC delivery globally, explaining the motivation
behind panel comparisons in Figure 11. As initial TOC increases so does the maximum
5'3Cpic; however isotope compositions do not exceed ~ +15%o (Figure 12b,
Supplementary Figure 8). Meister et al. (2019) demonstrate this maximum threshold
under modern marine sulfate concentrations (28 mM) and new model results show that
lower sulfate concentrations do not significantly increase §'*Cpic maximum values. Thus
the A3Ceon-sw values above ~ +20%o commonly expressed in the Phanerozoic record
cannot be accounted for by organic carbon burial alone.

It has been demonstrated that increased sedimentation rates lead to faster organic
matter burial and degradation in the deeper methanogenesis zone (Burns and Baker,

1987; Pisciotto and Mahoney, 1981; Scotchman, 1991), largely due to limitations
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associated with sulfate diffusion from the overlying water column. As yet, no data have
been reported that indicate an increased sedimentation rate in the Phanerozoic

compared to earlier times. Organic matter reactivity can also impact degradation
mechanisms. Similar to increased sedimentation rate, less reactive organic matter
degrades more slowly and can persist to deeper sediment depths to experience
preferential degradation in the methanogenesis zone (Meister et al., 2019). Thus, higher
proportions of more refractory organic matter can cause porewater DIC to become more
3C-enriched with depth. The evolution of organic matter reactivity is not well known,
but the arrival and diversification of terrestrial plants may have prompted the delivery of
less reactive organic material (Aller et al., 1996; Burdige, 2005; Hedges et al., 1997) to
marginal environments since the Silurian (Kenrick and Crane, 1997; Raiswell and
Berner, 1986). Maximum A!*Ceon-sw values, however, show an increase well before the
appearance of land plants (Supplementary Figure 5). Furthermore, significant decreases
in organic matter degradation rate are unable to account for porewater DIC 1*C
enrichments above ~ +10%o in the methanogenesis zone (Meister et al., 2019) like those
expressed in the concretion record. Whereas sedimentation rate and organic matter
quantity and reactivity may impact organic matter degradation mechanisms, these factors
alone cannot explain the observed data.

Another more speculative explanation involves an increase in the magnitude of
carbon isotope fractionation during methanogenesis. Fractionation factors between
methane and DIC (Otmethane-Dic) determined from culture and modern porewater data are
between 0.95 and 1.0 (Londry et al., 2008; Whiticar et al., 1986). Some modern marine

sediments, however, express §'*Cpic maxima that are difficult to reconcile with low
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fractionation magnitudes (Meister et al., 2019). In addition, the concretion record
suggests that higher maximum porewater 3'*Cpic compositions occurred in more recent
marine sediments, exceeding the values that can be reached by using the experimentally
determined fractionation factors mentioned above. It has been suggested that substrate
limitation during AOM promotes reaction reversibility as part of the Wood-Ljungdahl
pathway and that this reversibility can lead to isotopic fractionation that approaches
theoretical equilibrium magnitudes (Yoshinaga et al., 2014). Similar reversibility may
affect isotope fractionation during methanogenesis as suggested by some culture
experiments conducted under substrate limited conditions (Botz et al., 1996 ; see
comparison in Meister and Reyes (2019)) and isotope separations between co-occurring
porewater DIC and methane recognized in porewaters of many marine sediments
(e.g.,(Galimov and Kvenvolden, 1983; Heuer et al., 2009; Meister et al., 2019; Paull et
al., 2000; Pohlman et al., 2008) . It is conceivable that under extreme substrate limitation
(which is common in sub-seafloor environments) the fractionation factor may approach
the theoretical low-temperature equilibrium value (Oumethane-Dic = 0.93,(Bottinga, 1969);
Horita (2001)).

To explore the effect of the fractionation factor on maximum &§'*Cpic, model
experiments were conducted at variable Ounethane-pic (from 0.92 to 0.98, Supplementary
Figures 9 and 10). In these experiments, methane was sourced entirely from within the
model domain (i.e., no external methane flux imposed). Maximum &'*Cpic values
increased at lower fractionation factors, reaching up to ~ +9%o (at Gmethane-pic = 0.92).
However, in this most extreme scenario the isotopic separation between methane and

DIC becomes very high (~ 100%o0) and exceeds differences commonly observed in
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measured profiles. Increasing the external methane flux did not significantly change
maximum §'3Cpic when external methane was assigned the 3'*C composition of the in-
situ methane produced at the bottom of the model domain (Supplementary Figures 9 and
10). Thus, increased isotope fractionation alone cannot account for the highly positive
ABCeonsw values expressed in the concretion record.

One mechanism that could promote extreme '*C enrichment of porewater DIC
involves equilibration with externally derived methane exhibiting a relatively high §'3C.
Such methane can form through thermogenic processes and exhibit isotope compositions
near ~ —40%o. Hypothetically, equilibration between thermogenic methane and DIC could
result in §"*Cpic values up to ~ +30 to +40%o if the methanogenic reaction is reversible
(such that isotope exchange occurs between methane and DIC) and an isotope offset of
~70 to 80%o is maintained. Such a process may in part explain the very high §'*Cpic
values recognized at some Cascadia Margin sites (Heuer et al., 2009), although other
factors including gas escape to the water column may also play a role (Birgel et al., 2015;
Meister et al., 2019). Despite the poorly understood complexities involved in isotope
fractionation during methanogenesis and the potential role of equilibration, the
mechanisms of '*C enrichments and depletions in porewater DIC may both involve the
influx of external methane. As argued above, methane formation (thermogenic or
biogenic) may have been stimulated as a result of enhanced organic carbon burial during
the Phanerozoic, thus providing a singular driver for the roughly contemporaneous

expansion in A3Ceon-sw range.

4.6. Implications for the §'3C of authigenic carbonate
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Modern authigenic carbonates form within marine sediments as a result of similar
reactions to those proposed for carbonate concretions. In fact, carbonate concretions are
thought to represent ancient analogs to modern authigenic carbonates (Loyd and
Berelson, 2016). This connection has been confounded in part as a result of the inability
to identify core-recovered carbonate as concretionary in nature (core sampling limits the
ability to characterize the three-dimensional structure of large objects). The similarity
between the carbon isotope composition of authigenic carbonate (8'*Caun) and Triassic to
Holocene APCeon-sw values (Figure 4) provides further support to the proposed analogy.
Thus, the concretion-based record presented here may provide insight into the evolution
of §'3Caumn through time.

As with the carbon isotope composition of carbonate concretions, §'Caum is likely
to have changed as a result of broad changes in the oxidation state of marine bottom
waters. Previous work aimed at exploring the impact of authigenic carbonate
precipitation on global carbon budgets and marine §'*Cpjc hinges intimately on
constraining an average 8'>Caumn value (Schrag et al., 2013). Indeed, Schrag et al. (2013)
and Laakso and Schrag (2020) propose that average §'>Caun values may have been
different in the past and this inference is supported by the Precambrian A*Ccon-sw record.
When data outside the Lomagundi interval are considered, mean Precambrian A'*Ceon-sw
values differ significantly from other time intervals (Figure 4). The average Precambrian
non-Lomagundi A'*Ccon-sw value is very near neutral (~ —0.5%o) and indistinguishable
from contemporaneous primary carbonate. Therefore, according to this concretion data
set, burial of Precambrian authigenic carbonate would have had little impact on marine

813C variability. Once marine sulfate concentrations exceeded ~ 5 mM (during brief
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transient intervals in the Precambrian or otherwise), mean A'3Ceon-sw values consistently
lie between ~ —10 and ~ —5%o. These compositions agree with recent findings of Laakso
and Schrag (2020), are comparable to, to somewhat higher than approximate 8'*Caun
values proposed by Schrag et al. (2013), and considerably higher than the estimated
modern average 3'3Caun value of — 20.5 +/— 3.5%o, based on compiled pore water
geochemical data (Bradbury and Turchyn, 2019). Differences in mean values may in part
be explained by the exclusion of non-concretionary, seafloor methane seep carbonates
and/or preferential retention of methanogenesis-formed carbonate in the sampled

concretion record.

5. CONCLUSIONS

Carbonate concretions primarily occur in Phanerozoic rock units and a
concretion-rich interval between ~2.15 and 1.75 Ga that overlaps with the enigmatic
Lomagundi carbon isotope excursion (Melezhik and Fallick, 1996). This distribution may
result from preferential formation during these time intervals, but correlation with the
abundance of preserved sedimentary rock precludes identification of an environmental
signal in the concretion occurrence record. In contrast, the concretion isotope record
provides important information about shallow marine diagenetic environments. Negative
ABCeon-sw values dominate the Phanerozoic and Lomagundi interval and correlate with
periods exhibiting high marine dissolved sulfate concentrations and organic carbon burial
rates. Concretions with conclusively AOM carbon isotope signals appear at ~325 Ma and
are relatively common in the younger record, likely in response to a Paleozoic rise in

marine sulfate concentrations and significant delivery of external methane. The
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Phanerozoic record also shows an increase in A'*Ceon-sw through time perhaps resulting
from increased input of thermogenic methane and isotopic equilibration with porewater
DIC. Ultimately, the concretion record demonstrates coeval evolution of Earth’s primary

marine and shallow diagenetic environments, in part related to shifting redox conditions.
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Figure Captions

Figure 1: Abundance of concretion-bearing units through time. a) Entire distribution in

100-myr age bins. b) 3000 to 1000 Ma. notice concretion-rich interval following the

Archean Proterozoic boundary. ¢) 950 Ma to present in 25-myr age bins. Panels b and ¢

indicate 8'3C coverage.

Figure 2: Concretion a) mineralogy and b) host lithology. Note scale compression for

1000 Ma and older bins.

Figure 3: A®>Ceon-sw variability a) since 3000 Ma and b) since the latest Proterozoic.

Shaded envelope encompasses expected seawater values and dashed line indicates

minimum values for organic matter oxidation (—=25%o). Normal and septarian concretions

and associated crystal habits indicated by symbols.

Figure 4: A'>Ceonsw a) mean, b) minimum (min.), ¢) maximum (max.) and d) ranges for

different age intervals. Precambrian data provided with (All) and without (- Lomag.)

Lomagundi-aged samples. Notice decrease in minimum and increase in maximum and

ranges through time.

Figure 5: Marine organic carbon burial and APBCeon-sw. 2) Temporal variability since 3000

Ma and b) 600 Ma. Organic carbon burial data after model reconstructions of Planavsky

et al. (2022) and Krissansen - Totton et al. (2021). Organic carbon burial after low
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erosion rate, low overbank oxidation results of Planavsky et al. (2022) (Fig. 14a from that

work), other result show similar trends but with potentially different absolute values.

Figure 6: Iron speciation data and A*Ceon-sw (gray symbols). a) all iron data, b) data from

samples with FeHR/FeT < 0.38 wt.%. Notice lack of increase in iron contents through

time and in particular across the Proterozoic-Paleozoic transition. Correlation plots and

iron data references provided in Supplementary Material.

Figure 7: Marine sulfate concentrations and A"®Ceon-sw (gray symbols). a) Temporal

variability since 3000 Ma and b) 600 Ma. Sulfate concentrations from Planavsky et al.

(2012), MSR-method of Algeo et al. (2015), Fakhraee et al. (2018), Fakhraee et al.

(2019), Shi et al. (2022), Habicht et al. (2002), Berner (2004), Halevy et al. (2012),

Blittler et al. (2018), Blattler et al. (2020), LaFlamme et al. (2021) and Krause et al.

(2022).

Figure 8: Porewater model results demonstrating potential controls on 8'3Cpic and

comparison to concretion record. Solid and dashed grav lines in a-c represent marine DIC

and organic matter 8'°C, respectively. a) impact of marine sulfate content. Note that as

sulfate concentrations increase, both 3*Cpic minimum and maximum values decrease. b)

impact of external methane flux under modern marine sulfate concentrations. External

methane 8'°C values are assigned the value achieved at the base of the modeled domain,

deviations from this value impact the minimum 8'>Cpic. Note that as external methane

input increases, 8">*Cpic minimum values decrease and vield compositions below the
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302

303

organic matter 8'3C value. ¢) impact of marine sulfate content under variable external

methane flux (ext. CH4 flux). Increased sulfate contents vield decreased 8'*Cpic

minimum and maximum values similar to overall trends observed in a. Note that 8" *Cpic

depletions produce minimum values that drop well below the organic matter 8'°C value

under high sulfate conditions. Maximum data trends overlap. In a-c, Qumethane-Dic = 0.94

and the isotopic difference between methane and DIC was maintained at ~75%o. d)

comparison between marine sulfate concentrations and minimum A3Ceon-sw for the age

eroupings discussed in the text. Blue bands represent ranges from Fakhraee et al., 2018,

2019. all other data are sulfate concentration averages. Notice decrease in minimum

isotope compositions with increasing sulfate content, similar to minimum model data in

c. Linear regressions and correlation strengths also provided.

Figure 9: Modeled variability in 8"*Cpic as a function of marine DIC content across a

range of marine sulfate concentrations. Increasing marine DIC vields higher 8'*Cpic

minima except under the 0 mM sulfate condition. This increase is more pronounced at

lower marine sulfate concentrations. The §'3Cpic maxima are relatively invariant.

Figure 10: Comparison between organic carbon burial and minimum A"3Con_sw for the

age groupings discussed in the text.

Figure 11: Impacts of organic carbon burial on isotope compositions. a) Comparison

between organic carbon burial and maximum A’Ceon-sw for the age groupings discussed

in the text. b) Modeled variability in 8"*Cpic as a function of total organic carbon (TOC)
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1804  deposited at the sediment water interface. As TOC contents increase 8'>Cpic maximum

18305  values increase, but do not exceed ~ +15%eo.
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