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Abstract 
 

Mantle plumes are the prevailing explanation for intraplate volcanism, with an age progression 

along the plume track and a geochemical signature suggesting a core-mantle boundary origin. But 

these observations do not correlate with some intraplate volcanism examples, requiring alternative 

mechanisms to explain these outliers. 

One potential example is the Cameroon Volcanic Line (CVL), a large-scale near-linear chain, 

lacking an age progression with a suspected asthenospheric origin. Edge-driven convection (EDC) 

is a proposed mechanism and is a process which forms in regions of lithospheric thickness gradients, 

such as craton-oceanic boundaries. A self-sustained convection roll may form, bringing material 

from depth to decompress and melt. However, previous EDC work provides disagreeing results, 

and shows that melt generation in this process is a complex process. This thesis aims to test a recent 

hypothesis that an additional ‘fertile layer’, derived from metasomatized material at the base of a 

craton which has undergone continental collision, could aid in magma genesis and explain why 

EDC-derived melt is not widespread. 

The use of 2D numerical models allows for a parameter sensitivity study on rheological parameters, 

with an ocean spreading model used to test additional parameters and examine the dynamics of this 

hypothesized fertile layer, which is used as a proxy for melt generation. Results show that oceanic 

spreading velocity is the most influential parameter in moving fertile material into the continent-

ocean transition (COT), as shear-driven upwelling forms at higher velocities. 

When applying the results to the CVL, fertile material moves into the COT, while EDC occurs as 

well. However, due to the slow spreading rate of the Atlantic, processes such as shear-driven 

upwelling is not influential. As such, it is proposed that further additional factors must influence 

the magmatism, and that modelling of the 3D geological complexities of the CVL is required to 

gain further insight.  
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Chapter 1 

Introduction 

1.1 Intraplate Volcanism  

The vast majority of volcanoes on Earth are produced through processes described by plate 

tectonics, but this does not account for the ~10% of ‘intraplate volcanism’. Traditionally, mantle 

plumes have been used to explain intraplate volcanism; characterised by volcanic chains with clear 

age progression as the lithosphere moves over the relatively stationary plume, giving rise to a 

younger, hotter and buoyant edifice. These volcanic chains have a unique Ocean Island Basalt (OIB) 

geochemistry, which pins their origin deep within the Earth at the Core-Mantle Boundary (CMB) 

(Wilson, 1963; Morgan, 1971; Larson, 1991; Stein & Hofmann, 1994; Storey, 1995; White, 2010). 

However, some intraplate volcanism cannot be explained by either plate tectonics nor mantle plume 

processes.  

These remaining intraplate volcanic outliers lack characteristics of a plume-derived volcanic chain, 

with an asthenospheric origin (e.g. Lee et al., 1994; Déruelle et al., 2007; De Plaen et al., 2014), 

lack of age progression (e.g. Fitton & Dunlop, 1985; Fitton, 1987) and no deep-seated positive 

thermal anomaly (e.g. Reusch et al., 2010, 2011; Celli et al., 2020; Boyce et al., 2021b). One such 

example is the Cameroon Volcanic Line (CVL), a large-scale volcanic chain possessing the features 

of a non-plume driven volcanic chain and a focus of this study.  

Prior explanations for non-plume driven intraplate magmatism have, thus far, failed to produce a 

mechanism that fits all observables. For example, geochemical observations suggests a plume 

influence, albeit masked by contamination (Lee et al., 1994; Kamgang et al., 2013) , but seismic 

tomography is unable to identify a deep-seated thermal anomaly associated with a mantle plume 

(Forte et al., 2010; Reusch et al., 2010, 2011; Celli et al., 2020; Boyce et al., 2021b). Furthermore, 

geodynamical models show conflicting results on alternative mechanisms and their melt generation 
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(e.g. King & Anderson, 1995, 1998; Ebinger & Sleep, 1998; Meyers et al., 1998; Kaislaniemi & 

van Hunen, 2014; Córdoba & Ballmer, 2021; Negredo et al., 2022). A model that can fit all of these 

observations could have profound implications on our understanding of magma genesis, lithosphere 

evolution and its stability. 

This chapter is split into two sections with the first examining the observations along the CVL, and 

the second investigating the physical concepts, proposed theories and literature which reviews 

them, as well as the potential mechanism for melt in the CVL. 

1.2 The Cameroon Volcanic Line 

The Cameroon Volcanic Line (CVL) is a 1600 km, near-linear chain of volcanoes and seamounts 

running 30°N from the island of Pagalu to Lake Chad [Figure 1.2]. As such, it crosses both oceanic 

and continental lithospheres, with 6 major volcanoes on the oceanic sector and numerous volcanoes, 

including plutonic anorogenic complexes and monogenic cones, on the continental sector 

(Montigny et al., 2004; Déruelle et al., 2007; Njome & de Wit, 2014). The geochemistry across 

these sectors shows similar trace element signatures and Sm/Nd isotopic ratios, suggesting that 

neither oceanic nor continental crust play an important role in magma genesis. Instead a single 

sublithospheric source has been suggested as the origin of the magmatism (Rankenburg et al., 2005; 

Déruelle et al., 2007).  

The CVL shares many similarities with a prolonged magmatic province in the NE of Brazil, which 

formed contemporaneously. Volcanism of the Fernando de Noronha displays no age progression 

and is present on both continental and oceanic lithosphere (Knesel et al., 2011; Perlingeiro et al., 

2013; Souza et al., 2013). The geochemistry of these alkaline rocks also suggests an asthenospheric 

origin, with trace element signatures of the oceanic sector indistinguishable from those along the 

oceanic sector of the CVL (Halliday et al., 1992), with the continental sectors displaying a greater 

scatter of Sr- and Nd-isotope data due to contamination from the continental crust (Gerlach et al., 

1987; Halliday et al., 1988; Lee et al., 1994; Fodor et al., 1998). Volcanism has been long lived, 

with the magmatic events along both Fernando de Noronha and the CVL occurring from 52 Ma to 
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1 Ma and 65 Ma to Present respectively (Knesel et al., 2011; Perlingerio et al., 2013; Souza et al., 

2013; Njome & de Wit, 2014), with the last eruption from Mt. Cameroon in 2000 (Suh et al., 2003; 

Déruelle et al., 2007). Both chains formed 40-50 Myr after the opening of the Atlantic (Guimarães 

et al., 2020), making a plume origin hard to reconcile, as the likelihood of two plumes moving at a 

similar rate to the spreading rate of the Atlantic and producing indistinguishable melt, is very low. 

Investigating this type of volcanism will provide a better understanding of the Earth’s interior 

dynamics and supercontinent evolution, and may be applied to other non-plume driven intraplate 

volcanism examples. 

1.2.1 Geological & Tectonic Setting 

On average, the crust within the African continent is old with several cratons and associated shields 

forming in the Archean and Paleo/Mesoproterozoic. These ancient pieces of lithosphere are 

dominant in the Western (West African Craton), Central (Congo Craton) and Southern (Kalachari 

craton) regions of the continent. The basement under the Northern and Eastern parts of Africa are 

almost exclusively Neoproterozoic, with the Saharan Metacraton, a craton that has been remobilised 

during an orogenic event but with cratonic characteristics still identifiable (Abdelsalam et al., 

2011), a major feature in the North (van Hinsbergen et al., 2011). The youngest areas of Africa are 

orogenic zones such as the Cape and Mauritanide dating back to the Late Palaeozoic (Lécorché et 

al., 1991; Hansma et al., 2016), and the Atlas Orogen even younger, Mesozoic to Cenozoic 

(Missenard et al., 2006; van Hinsbergen et al., 2011). 

Western Africa had a close geological and tectonic relationship with eastern South America until 

the breakup of Pangea. As a result, remnants of a large mountain belt, which formed in the 

Neoproterozoic and once ran through Brazil and Western Africa, can still be seen in Africa in the 

form of the Oubanguides. This belt was a result of the collision which formed Gondwana between 

the three main cratons: the São Francisco craton in South America and the West African and Congo 

cratons in Africa (Castaing et al., 1994; Ngako et al., 2003; Toteu et al., 2004). 
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Figure 1.1. A map of lithospheric thickness of the African continent with the Cameroon Volcanic Line (CVL) 

outlined by a black box. Outlined in white are the: Congo Craton (CC); West African Craton (WAC); 

Kalachari Craton (KC); Saharan Metacraton (SMC); Atlas Orogen (AO); Mauritanide Orogen (MO) and 

Cape (Adapted from van Hinsbergen et al., 2011). 
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There are three main units identified north of the Congo Craton [Figure 1.2] ordered from south to 

north: Yaounde Domain (Neoproterozoic), Adamawa-Yade Domain (Paleoproterozoic) and the 

Western Cameroon Domain (Neoproterozoic). The contrasts in age are a result of the Sanaga Shear 

Zone and the Tchollir-Banyo Shear Zone (TBSZ) which form the boundaries of the domains. Both 

these shear zones are thought to be derived from the much larger Central African Shear Zone 

(CASZ) which extends from Dafur, Sudan, across the African continent to the Adamawa Plateau 

in Cameroon (e.g. Castaing et al., 1994; Toteu et al., 2004). Due to the CASZ being Precambrian 

in age, it is thought that the Pernambuco lineament which runs through Brazil is a possible extension 

emplaced before the Pan-African split (Dorbath et al., 1986; Poudjom Djomani et al., 1995). 

Reactivation of strike-slip faults along the CASZ resulted in a ≥40 km dextral displacement (Daly 

et al., 1989), which occurred during the opening of the South Atlantic (~130 Ma) and allowed for 

subsiding rift basins to be infilled with Cretaceous-Tertiary sediments (Fairhead, 1988).  
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Figure 1.2. Lithospheric thickness map of Western Africa, with the outlines of the continent and countries 

within. Contours are in increments of 5 km, with annotation every 10 km. The Benue Trough is highlighted 

in grey and its formation is associated with a failed rift arm during the opening of the Central Atlantic. The 

volcanic massifs seen at the surface are coloured green, and the basic tectonics of the area have been 

highlighted (Adapted from Henriques & Neto, 2019). 

1.2.2 Cameroon Volcanic Line Geochemistry  

Investigating the geochemistry of igneous rocks can give vital insight in the melt composition, and 

thus, their origin. The volcanic material produced by the CVL is mostly alkaline basalt, with the 

basalts from the oceanic and continental sectors possessing very similar chemical and isotopic 

compositions (Fitton & Dunlop, 1985; Fitton, 1987). Lee et al. (1994) investigated the three 

volcanic islands along the oceanic sector. They utilised 40Ar-39Ar data as well as pre-existing K-Ar 
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ages, concluding they have all been active in the last 5 Ma. They notice the earliest volcanic ages 

along Principe, São Tome and Pagalu (31, 13 and 4.8 Ma respectively (Dunlop & Fitton, 1979)) 

correlate with the overall motion of the African plate whilst having similar ratios of Sr, Nd and Pb, 

implying a common source. Lee et al. (1994) suggest that the initial magmas were potentially from 

an upper mantle source which was entrained by a plume, with a HIMU (high μ = high 238U/204Pb) 

component from the lower mantle modifying the magma conduits over time. This initial material 

shows signs of depletion and enrichment indicative of components such as depleted mid-ocean 

ridge basalt mantle (DMM) and enriched mantle one (EM1), which is thought to be derived from 

the recycling of pelagic sediment (Weaver, 1991; Woodhead et al., 1993) or the metasomatized 

subcontinental upper mantle (Zinder & Hart, 1986; Tatsumoto & Nakamura, 1991; Elkins- Tanton, 

2007). Kamgang et al. (2013) supports this with the idea that a HIMU source hybridises with 

asthenospheric melts, producing the anomalous signatures in Sr and Eu seen in mafic rocks in the 

Bamenda Mountains, Cameroon. However, with tomographic imaging (Forte et al., 2010; Reusch 

et al., 2010, 2011; Celli et al., 2020; Boyce et al., 2021b) there appears to be a lack of deep-seated 

thermal anomalies, like those seen in some mantle plume examples (e.g. Afar (Boyce et al., 2021a), 

Hawaii (French & Romanowicz, 2015), Yellowstone (Yuan & Dueker, 2005)). Nevertheless, the 

resolution of such imaging techniques and the complex nature of mantle plumes suggests an 

atypical plume origin cannot be ruled out. 

1.3 Alternative Mechanisms for Intraplate Volcanism 

Potential geophysical and geodynamic models of the CVL, and alternative intraplate volcanism 

mechanisms, gained traction at the turn of the century. Theories ranged from direct plume 

interaction (Burke, 2001), plume material migration (Ebinger & Sleep, 1998), large-scale mantle 

convection convergence (Meyers et al., 1998) and small-scale convection (King & Anderson, 1995, 

1998; King and Ritsema, 2000). Here we will assess the main theories to distinguish which is the 

most probable.  
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1.3.1 Afar Plume Theory  

With multiple areas of magmatism in the African continent, Burke and Wilson (1976) initially 

proposed ~40 volcanic hotspots beneath the continent, yet Duncan and Richards (1991) could only 

confirm one clearly identifiable hotspot. Trying to reconcile these studies to explain how on plume 

can produce this scattered volcanism, Ebinger and Sleep (1998) suggested that material from the 

Afar plume was migrating via lithospheric thickness differences, to different regions across the 

continent, similar to that of a drainage basin in river systems [Figure 1.3]. This migration of plume 

material could explain why there are no deep-seated thermal anomalies observed under such 

volcanic regions, as well as the contamination of HIMU melts by the entrainment of material as it 

travels along the base of the lithosphere.  

The thermal anomalies observed by Reusch et al. (2010) are confined to the upper mantle (300 km), 

whereas the model proposed by Ebinger & Sleep (1998) would produce a low velocity anomaly at 

<100 km. Other issues with this model include its inability to explain the lack of age progression, 

but ultimately the most compelling evidence against this model is the fact that the Afar plume 

impinged 45 Ma (Ebinger & Sleep, 1998; Bastow et al., 2008) and it is thought that it would take 

material 40 Myr to travel to the Adamawa Plateau (Reusch et al., 2010). Yet the CVL has 

experienced volcanism for at least 65 Myr (Njome & de Wit, 2014). If other, unknown plumes were 

found to have impinged under the African continent at a time before the volcanism seen along the 

CVL, this theory could still be viable, however with present day observations this model is not 

favourable in terms of the CVL’s origin. 
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Figure 1.3. The proposed ‘single plume’ model to explain the scattered volcanism across the African 

continent, including the Cameroon Volcanic Line. The plume head material diverges from its initial point of 

contact and begins to flow into areas of thinner lithosphere. As it does so, decompression melt can form 

(taken from Ebinger and Sleep, 1998). 

1.3.2 Mid-Scale Convection Cells  

Whilst investigating deep-imaging seismic and gravity results from the Cameroon Volcanic Line 

(CVL), Meyers et al. (1998) discussed its possible origin, as well as other NE trending volcanic 

chains and rises off West Africa. They suggest that these volcanic chains are the product of hot 

upwelling flow currents resulting from two cylindrical Rayleigh-Bernard convection rolls 

(henceforth referred to as mid-scale convection cells), the result of small-scale instabilities 

(Korenaga & Jordan, 2004). These rolls are driven at the 660 km discontinuity as a result of heat 

transfer and shearing by the convection in the lower mantle [Figure 1.4]. Observations of the 

transition zone thickness (TZT), defined by the thickness between the 410 km and 660 km 

discontinuities, would be able to distinguish if there is heating at these discontinuities. Localised 

heating would allow the phase change from ringwoodite to perovskite at a shallower depth, reducing 

the TZT. Reusch et al. (2011) found that the TZT in the Cameroon region was 251±10 km, similar 

to that of the global average which ranges from 242 to 260 km (Chevrot et al., 1999; Lawrence & 
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Shearer, 2006), suggesting the 280 K thermal anomaly they observed in their 2010 study, did not 

extend as deep as the 660 km discontinuity. This result suggests that neither mid-scale convection 

cells or mantle plumes are the likely driving force of magmatism along the CVL. 

Figure 1.4. A simplified model illustrating the proposed mid-scale convection cells confined to the upper 

mantle. Heat transfer and shearing along the 660 km discontinuity allows for the formation of cylindrical, 

longitudinal convection rolls. Hotlines form between the upwellings of these convection rolls, where re-

fertilized mantle from the 660 km discontinuity allows for enriched partial melt (adapted from Meyers et al., 

1998). 

1.3.3 Small-Scale Convection & Edge-Driven Convection  

Edge-driven convection (EDC) was initially proposed by King & Anderson (1995, 1998) and 

entails lithospheric instabilities forming small-scale convection, which is able to self-organise due 

to a local flow at the edge of a thick lithosphere, or, more precisely, at a significant gradient (an 

‘edge’) in the thickness of the lithosphere. As knowledge on the chemical, mechanical and thermal 

properties of cratonic roots is limited, there is a difficulty in placing a minimum lithospheric 

thickness. Numerical experiments have, however, suggested that 150 km is the minimum 

lithospheric thickness required to allow for EDC to form and sustain (Lenardic et al., 2003). 

Kaislaniemi & van Hunen (2014) find that there is potentially two types of EDC: stricto sensu 

Hotline  
Fracture Zones 
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(EDCSS) which is the type initially described by King and Anderson (1995, 1998), where an 

instability at the edge of the craton produces a lithospheric downwelling, forming a subsequent 

upwelling under the thinner lithosphere [Figure 1.5a]; edge-driven convection with asthenospheric 

shear (EDCWS), convection which is similar to its EDC counterpart, however there is a greater 

influence via shear flow providing a convection roll moving in the opposite direction, with warmer 

material upwelling below the craton, and downwelling below the thinner lithosphere. This 

asthenospheric flow can induce a second, smaller convection roll in the continent-ocean transition, 

invoking melt [Figure 1.5b]. As intraplate volcanism associated with edge-driven convection is not 

observed at every craton-oceanic boundary, there may be specific conditions required to produce 

melt. For example, an increase in mantle temperature (e.g. via either an influx of heat or by greater 

radiogenic heating) or alternatively, an increase in the presence of volatiles in the mantle which 

could lower the solidus enough to produce sufficient melt.  

An argument against EDC as the origin for the CVL made by Adams et al. (2015) stems from the 

continuation of volcanism in the oceanic sector, whilst there is no adjacent craton. They argue that 

convection rolls formed by EDC are parallel to the craton boundary, so the oceanic sector should 

continue to follow the craton boundary south, instead of remaining linear. However, a 3D EDC 

model by Kaislaniemi & van Hunen (2014) does not necessarily show this, with velocity vectors 

running both parallel and perpendicular to the craton boundary. This means flow, and therefore 

melt, could be produced in either of these directions in relation to the craton.  
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Figure 1.5. Diagrams of the two types of edge-driven convection, with hcr and hoc denoting the thickness of 

the craton and oceanic lithospheres respectively. The first (a) is of edge-driven convection stricto sensu 

(EDCSS), which has cooler material below the craton forming a downwelling. This downwelling then forms 

a subsequent upwelling beneath the thinner lithosphere, producing convection. The second (b) is edge-driven 

convection with shear (EDCWS), and is characterised by warm material below the thicker lithosphere which 

rises up toward the thinner lithosphere, inducing shear as it flows (adapted from Kaislaniemi & van Hunen, 

2014). 

 

1.3.4 A Suitable Model for the Cameroon Volcanic Line 

Reusch et al. (2010) investigated potential models for the origin of the CVL by using seismic 

tomography to image the region below. They could only observe <300 km deep due to limitations 

in model resolution. They observed a thermal anomaly at 300 km depth, which narrowed the 
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potential candidates down to edge-driven convection or mid-scale convection cells, as they found 

little evidence to support a mantle plume or the ‘one plume’ theory (Ebinger & Sleep, 1998). Reusch 

et al. (2011) later investigated the transition zone thickness (TZT) between the 410 km and 660 km 

discontinuities. Here they aimed to determine whether whole mantle Rayleigh-Bernard convection 

rolls or edge-driven convection (EDC) was the cause of magmatism at the CVL. If the former were 

to be true, a thinner than average TZT would be observed due to heating below the 660 km 

discontinuity, while the latter has no effect on TZT as EDC does not require excess heating from 

the lower mantle. They found that the TZT showed no difference compared to the global average, 

with both low velocity and high velocity anomalies confined to the 660 km discontinuity, but with 

no evidence of excess heating, and as such they deduced that EDC was more likely. Recent 

investigations by Boyce et al. (2021b) and Celli et al. (2020) indicate that there is a complex 

signature at the 410 km discontinuity, with the 660 km discontinuity remaining at a depth relatively 

similar to the global average. This observation also suggests that mid-scale convection is not the 

source of volcanism, as the 660 km discontinuity would be shallower through heating from the 

lower mantle. The dynamics of the region is still unclear, and new constraints are needed to obtain 

a better understanding.  

1.4 Melt Generation Mechanism Beneath the Cameroon Volcanic Line 

There are broadly three mechanisms in producing melt: hot material subjected to a reduction in 

pressure producing decompression melt (e.g. mid-ocean ridge); a region of anomalously greater 

temperature allowing the solidus of a material to be surpassed (e.g. mantle plumes); the presence 

of volatiles in a material, reducing the overall solidus and allowing melt at lower temperatures (e.g. 

subduction zones). If we are assuming edge-driven convection (EDC), as proposed by King & 

Anderson (1998) and King & Ritsema (2000) as the potential model for melt generation at the CVL, 

then the strong convection it forms in the upper mantle will allow material to heat up and then 

rapidly rise, forming decompression melt. Yet, this alone may not be enough to produce sufficient 

melt, as some EDC tests require either an increase in local temperature, or the addition of volatiles 
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in conjunction with the convection to produce melt (e.g. Córdoba & Ballmer, 2021; Negredo et al., 

2022). 

Observations into the lithospheric thickness across the region [Figure 1.2] show the gradients 

between the two cratons (~200 km thick) and continental lithosphere (65-100 km thick) is large, 

due to the abnormally thin lithosphere below the Benue Trough. This thinness is associated with 

the early rifting it underwent during the formation of the Central Atlantic. It is thought that this 

region was once a rift arm associated with the opening of the Atlantic, which subsequently failed 

as rifting continued N-S (Fairhead & Okereke, 1990). However Milelli et al., (2012) suggest its 

formation was a result of an instability event which occurs in regions possessing a low Rayleigh 

such as the African continent. Through their laboratory testing, Milelli et al., (2012) observed that 

buoyant, dense material (simulating a craton) developed instabilities at its edge when heated from 

below, which exhibited a geometric structure similar to those seen along the Benue Trough and 

CVL. This extension means that the continental lithosphere of the Benue Trough is similar in 

thickness to the neighbouring oceanic lithosphere (Bonvalot et al., 2010; Fishwick & Bastow, 

2011).  

1.5 The Conceptual Model of the Metasomatized Layer 

Throughout their long history, cratons have been subjected to metasomatism, making the base of 

the lithosphere weaker, denser and more fertile (Menzies et al., 1987; Foley, 2008; Wenker & 

Beaumont, 2017; Eeken et al., 2018; Afonso et al., 2022). These metasomatic assemblages are 

derived from carbonate-rich melts (Foley, 2008; Tappe et al., 2017; Groves & Santosh, 2021) and 

can become unstable spontaneously, which would lead to this material detaching from the overlying 

continent, and remelting if it sinks into the mantle (Elkins-Tanton, 2007). Events such as continental 

collision can further trigger its independence (Guimarães et al., 2020): such collision would shorten 

and thicken the lithosphere, which transposes the fertile material to greater depths, and vertically 

stretches the geotherm. Over time, the geotherm slowly equilibrates to pre-collisional values, with 

the lithosphere-asthenosphere boundary moving upwards over time. This makes the metasomatized 

fertile layer (henceforth referred to as the ‘metasomatized layer’) become part of the hot, weak, and 
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mobile asthenosphere [Figure 1.6] (Guimarães et al., 2020). Here it remains neutrally or positively 

buoyant below the base of the cratonic lithosphere, and may not migrate until the break-up of 

Pangea, where the metasomatized layer may begin to migrate with the associated induced 

asthenospheric flow. It is hypothesized that this fertile material may slowly start to drain into thinner 

lithospheres, where its fertility leads to additional melt (Guimarães et al., 2020). For the case of the 

Cameroon Volcanic Line, the fertile material moves below the thin Benue Trough where it is 

channelled toward the oceanic lithosphere, which may explain the seismic anisotropy observations 

displaying a flow pattern NW-SE (Elsheikh et al., 2014). This movement of fertile material from 

below the craton to the thinner lithosphere is thought to correspond to the 40 Myr delay in volcanism 

after the Atlantic Ocean opened, seen in the oldest rocks along the CVL (Njome & de Wit, 2014). 

The channelisation of material can lead to small-scale convection (Koch et al., 2012) which can 

generate large-scale edge-driven convection (Kaislaniemi & van Hunen, 2014). Through EDC in 

conjunction with the fertile material migrating along the Benue Trough, melt will more readily 

occur, potentially explaining why volcanism occurs along the CVL but not more generally at craton-

oceanic boundaries (e.g. Córdoba & Ballmer, 2021). 
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Figure 1.6, The thermal evolution of the metasomatized layer over time. Figures 1.6a – 1.6f show the 

evolution of the lithosphere-asthenosphere boundary (LAB) before, during and after continental collision. 

Figure 1.6g shows the mobilisation of the metasomatized layer into the Benue Trough as the Atlantic Ocean 

fails to rift here. Figure 1.6h shows the full migration of fertile material once the Atlantic opens, with material 

predicted to take 40-50 Myr to move into the oceanic lithosphere (taken from Guimarães et al., 2020). 
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1.6 Thesis Outline 

1.6.1 Aims of this Thesis 

The origin of non-plume driven intraplate volcanism observed along the Cameroon Volcanic Line 

(CVL) is poorly understood. This study will focus on the dynamics of a hypothesized subcontinental 

metasomatized layer and whether it can drain into the adjacent ocean basin and influence potential 

melt generation derived from EDC. The flow of such fertile material from below the craton and into 

the Benue Trough may explain the geometry of the CVL and why this type of volcanism does not 

occur at every craton-oceanic boundary. The link between basal weakening during episodes of 

supercontinents, and the dynamics of a metasomatized metasomatized layer is investigated through 

a series of numerical models. 

The overall objectives of this thesis are to determine whether EDC can form in an environment 

similar to that found along the CVL, and to assess the dynamics of a subcontinental metasomatized 

layer and whether these match with the predictions made by Guimarães et al. (2020). The aims of 

this thesis can be broken down as follows: 

Assess whether a proposed subcontinental fertile material can migrate to aid melt generation 

The process of edge-driven convection may not be enough to produce melt by itself, so here we 

look to investigate whether the addition of a metasomatized layer below the base of the craton will 

move and mix in a region effected by edge-driven convection. Here, a continuous drainage of fertile 

material from the base of the cratonic lithosphere to thinner oceanic lithosphere may explain the 

long-lived volcanism along the Cameroon Volcanic Line.  

Assess whether mantle flow due to the opening of the Atlantic plays a significant role in the 

formation of the Cameroon Volcanic Line 

Whether the development of numerical models that include a spreading ridge impact edge-driven 

convection, mantle asthenospheric flow and metasomatized layer dynamics as oceanic lithosphere 

forms and matures. Here, we look at the key influential factors which may allow greater 

concentrations of fertile material into the thinner lithosphere.  
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1.6.2 Structure of this Thesis 

The structure of this thesis follows the following layout: 

Chapter 2 - outlines the governing geodynamical and rheological equations utilised within this 

study. The initial model set-up is described in terms of temperature, viscosity and flow field, with 

the general structure, initial conditions and boundary conditions described. 

Chapter 3 – the testing of grain size, diffusion creep and dislocation creep pre-factors to help better 

understand their impacts on mantle flow. The development of a 2D static lithosphere model allows 

for observations into initial mantle and metasomatized layer dynamics. 

Chapter 4: - the rationale, model setup and investigation of non-rheological parameters associated 

with the metasomatized layer are investigated through a 2D ocean opening model. The 

concentration of fertile material moving into the continent-ocean transition and the effects of 

shearing in the asthenosphere will be assessed for each parametric alteration, gaining an 

understanding in their impact on metasomatized layer mobility. 

Chapter 5 – discussion on the obtained model results in context to previous literature with an 

application to the Cameroon Volcanic Line, as well as a discussion on the overall feasibility of the 

proposed hypothesis. 

Chapter 6 – concluding remarks, the proposed limitations and some potential future follow up work. 
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Chapter 2 

Methodology 

This chapter is broken down into three main constituents:  

• The governing equations applied to the models, specifically explaining the equations for the 

conservation of mass, momentum, energy and composition. 

• Rheology, deformation and the material physics equations 

• Basic model setup, including initial conditions, boundary conditions, and technical modelling 

aspects. 

2.1 Governing Equations and Assumptions 

Due to the highly viscous nature of the mantle, over long periods of time it acts as a fluid and as 

such, equations governing fluid dynamics can be applied when considering the dynamics of the 

Earth. These fluid equations can be defined in terms of the conservation of mass, momentum, 

energy and composition, with the parameters used in each equation found in Table 1.  

2.1.1 The Conservation of Mass 

The conservation of mass for a fixed control volume can be defined as the rate of change of the 

control volume’s mass proportional to the rate of flow into or out of the volume (Ismail-Zadeh & 

Tackley, 2010). This can simply be described as: 

𝜕𝜌

𝜕𝑡
+ ∇ ∙ (𝜌𝒖) = 0         (2.1) 

Where 𝜌 is the pressure and temperature dependent fluid density, 𝑡 is time and 𝒖 is the fluid 

velocity.  

The Extended Boussinesq Approximation (EBA) assumes material is incompressible, with the 

density changes associated with the conservation of mass within the mantle small enough that they 

are negligible (e.g. Oxburgh & Turcotte, 1978; Christensen & Yuen, 1985; Gerya, 2010; 
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Gassmöller et al., 2020), and can consequently be ignored. As a result, this approximation simplifies 

the conservation of mass to: 

                         ∇ ∙ 𝒖 = 0          (2.2) 

2.1.2 The Conservation of Momentum 

The Navier-Stokes equation describes the conservation of momentum for a compressible fluid 

within a gravitational field. As previously stated, the EBA assumes that the mantle is an 

incompressible material, and as such the Navier-Stokes equation for the conservation of momentum 

can be simplified to leave the Stokes equation (Oxburgh & Turcotte, 1978; Christensen & Yuen, 

1985). 

                      𝛻 ∙ (𝜂𝜀̇) − 𝛻𝑝 + 𝜌𝒈 = 0                    (2.3) 

Where 𝜂 is the dynamic viscosity, 𝜀̇ is the strain rate, 𝑝 is the deviatoric pressure and 𝒈 is the 

acceleration due to gravity. The assumption that mantle material is incompressible is valid as the 

mantle is a highly viscous fluid and as such, inertial forces are far smaller, and thus less impactful 

on the conservation of momentum than forces such as gravity and viscous resistance. 

2.1.3 The Conservation of Energy 

Besides advection and diffusion of heat, the  EBA acknowledges the processes of shear heating and 

adiabatic heating, which leads to the following equation:  

       𝜌𝐶𝑝 (
𝜕𝑇

𝜕𝑡
+ 𝒖 ∙ ∇𝑇) − ∇ ∙ (𝑘∇𝑇) = 𝜌𝐻 + 2𝜂𝜀(𝒖): 𝜀(𝒖) − 𝛼𝜌𝑇(𝒖 ∙ 𝐠)          (2.4) 

Where 𝐶𝑝 is the specific heat capacity (at constant pressure), 𝑇 is temperature, 𝑘 is the thermal 

conductivity, 𝐻 is the intrinsic specific heat production and 𝛼 is the thermal expansion coefficient. 

2.1.4 The Conservation of Composition 

Material properties are tracked in the model setup, assuming no compositional diffusion or material 

changes. Such behaviour is described using a pure advection equation:  

𝜕𝑐

𝜕𝑡
+ 𝒖 ∙ ∇𝑐 = 0                           (2.5) 
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 where 𝑐 is the chemical composition of a material, 𝑡 is time and 𝒖 is the velocity vector. 

Table 1. A list of used symbols and parameter notation with associated units used in Section 2.1. 

2.2 Rheology 

How a rock deforms or flows in response to forces within the Earth’s interior is known as its 

rheology, and a number of different deformation mechanisms are typically considered (Bürgmann 

& Dresen, 2008). In this section the deformation through dislocation and diffusion creep is defined, 

as well as the brittle deformation and failure within the crust and lithosphere. These defining 

rheologic processes are then combined to give the total effective viscosity, which shall be used 

during modelling. All parameters used to define the rheological equations in this section can be 

found in Table 2. 

 

Symbol Parameter Units 

c Composition of a material - 

Cp Specific heat capacity J kg-1 K-1 

g Gravitational acceleration m s-2 

H Rate of internal heat production W kg-1 

k Thermal conductivity W m-1 K-1 

p Pressure Pa 

T Temperature K 

t Time S 

u Velocity m s-1 

α Thermal expansion coefficient K-1 

ε Strain rate s-1 

η Dynamic viscosity Pa s 

ρ Density kg m-3 
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2.2.1 Sublithospheric Rheology 

Within the Earth’s mantle, both diffusion and dislocation creep are the dominant deformation 

mechanisms. Dislocation creep deforms material via dislocations in the crystal lattice, either 

through growth of imperfections or impurities. With this mechanism, strain rate increases 

nonlinearly with stress and, unlike diffusion creep, is insensitive to grain size. This mechanism of 

deformation is known to occur in the asthenosphere and upper mantle. As material deforms in a 

way which allows for a lattice preferred orientation (LPO), evidence of dislocation creep can 

subsequently be observed through seismic anisotropy (Karato & Wu, 1993), or in rock samples 

displaying microstructures with a LPO, which originated at ~200 km depth (Boyd, 1973; Karato & 

Wu, 1993).  

Diffusion creep is the active transport of atoms through crystal interiors and between crystal grains 

via migration of crystal vacancies. This is most common in regions of low stress, small grain size 

or both. This mechanism increases linearly with stress and is most prominent within mantle deeper 

than ~300 km (Karato & Wu, 1993). Due to a decrease in seismic anisotropy observations below 

200-300 km depth, it is inferred that diffusion creep becomes the dominant mechanism below these 

depths. 

Both the viscosity resulting from diffusion and dislocation creep can be defined as: 

                             𝜂𝑖 =
1

2
𝐴

𝑖

− 
1

𝑛𝑖𝑑
𝑚𝑖
𝑛𝑖 𝜀�̇�

1−𝑛𝑖
𝑛𝑖 exp (

𝐸𝑖
∗+𝑝𝑉𝑖

∗

𝑛𝑖𝑅𝑇
)        (2.6) 

where 𝑑 is the grain size, 𝑖 relates to either dislocation creep or diffusion creep, 𝜀̇ the square root of 

the second invariant of the strain rate tensor, 𝑇 is temperature, 𝑝 is pressure and 𝑅 is the ideal gas 

constant. 𝐴𝑖 are the prefactors, ni are the stress exponents, 𝑚𝑖 is the grain size exponent which, for 

the modelling within this thesis, will remain constant providing no further physical meaning , 𝐸𝑖 

are the activation energies and 𝑉𝑖 are the activation volumes (e.g. Billen & Hirth, 2007). 

A composite viscosity, which combines deformation by both dislocation and diffusion creep, can 

be described as: 
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1

𝜂𝑐𝑜𝑚𝑝
=

1

𝜂𝑑𝑖𝑓𝑓
+

1

𝜂𝑑𝑖𝑠𝑙
         (2.7) 

where 𝜂𝑑𝑖𝑓𝑓 and 𝜂𝑑𝑖𝑠𝑙 are the viscosities resulting from diffusion creep and dislocation creep 

respectively. 

2.2.2 Lithospheric Rheology 

For rocks at lower temperature such as those situated in the lithosphere, brittle failure and 

deformation can occur through Mohr-Coulomb yielding (Byerlee, 1978). Within this thesis, this 

viscosity for 2D models is calculated through the Drucker Prager frictional plasticity criterion, with 

the 2D Drucker Prager yield surface equating to the Mohr-Coulomb surface (e.g. Thieulot, 2011): 

                    𝜎𝑦 = 𝑃𝑠𝑖𝑛(𝜙) + 𝐶𝑐𝑜𝑠(𝜙)       (2.8) 

where 𝑃 is pressure, 𝜙 is the angle of internal friction and 𝐶 is the value of cohesion. For the purpose 

of calculating the ‘complete’ or effective viscosity, Equation 2.8 can be converted to the yield 

viscosity: 

    𝜂𝑦 =
𝜎𝑦

2𝜀𝑖𝑖
        (2.9) 

With 𝜀 the square root of the second invariant of the strain rate tensor. The effective viscosity is 

then defined by the combination of the minimum values of composite viscosity, yield viscosity and 

the maximum viscosity (the upper limit emplaced on viscosity for numerical stability [see Section 

2.3.2]) 

         𝜂𝑒𝑓𝑓 = min (𝜂𝑐𝑜𝑚𝑝 , 𝜂𝑦 , 𝜂𝑚𝑎𝑥)      (2.10) 

Where 𝜂𝑒𝑓𝑓 is the effective viscosity, 𝜂𝑐𝑜𝑚𝑝 is the composite viscosity, 𝜂𝑦 is the yield viscosity and 

𝜂𝑚𝑎𝑥 is the maximum viscosity used during modelling.  
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Table 2. A list of both symbol and parameter notation with associated units used with in Section 2.2. 

2.3 Initial 2D Static Lithosphere Model – Physical Setup 

2.3.1 Dimensions, Implementation and Boundary Conditions 

The model is built as a box of dimensions 660 x 2640 km, allowing ample depth for the edge-driven 

convection cells proposed by King & Anderson (1998). This is comprised of three compositionally 

distinct materials [Figure 2.1]: a default mantle material which compositionally forms the oceanic 

lithosphere that is thermally 80 km thick, due to being assigned an age of 50 Ma. The oceanic 

lithospheric thickness is then calculated by a given isotherm. A 180 km compositional thick cratonic 

lithosphere and a 50 km thick layer at the base of the craton that contains a small percentage (a few 

percent) of fertile material. 

Symbol Parameter Units 

A Pre-exponential exponent Pa-n s-1 

C Cohesion MPa 

d Grain size m 

E* Activation energy J mol-1 

i Dependent of dislocation or diffusion creep  - 

P Pressure Pa 

R Ideal gas constant J K-1 mol-1 

T Temperature K 

V* Activation volume cm3 mol-1 

ηcomp Composite viscosity  Pa s 

ηdiff Viscosity of diffusion creep Pa s 

ηdisl Viscosity of dislocation creep Pa s 

σy Yield stress Pa 

Φ Internal angle of friction ° 
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Cratonic lithosphere is generally assumed to be both strong and chemically buoyant, with low 

volatile contents in cratonic peridotites from depletion related to ancient melting processes (Jordan, 

1978; Pollack, 1986; Lenardic and Moresi, 1999; Sleep, 2003; Petit, 2010). To replicate this, the 

craton compositional block is assigned a viscosity of 1 × 1024 Pa s and a density of 50 kg m-3 lower 

than the mantle material. 

The velocity boundary conditions for these lithosphere models are free-slip to allow for no inflow 

or outflow of material, and to ensure that all motion is driven by gravitational forces only. This 

setup implies that the upper-lower mantle transition is assumed to be fully impermeable.  

Modified boundary conditions are used in Chapter 4, where details for that model are given.  

Figure 2.1. Model setup showing the initial conditions. The left lithosphere is oceanic with a half-space 

cooling thickness of around 80 km. The right lithosphere is a compositionally defined craton of 180 km 

thickness. Colours illustrate initial viscosity. The black contours are temperatures from 1173 K (taken as the 

estimated lithosphere-asthenosphere boundary temperature) to 1973 K (the maximum temperature of the 

initial model), with increments of 100 K. The yellow contour below the cratonic lithosphere outlines the 

subcontinental metasomatized layer. 

2.3.2 Implementation of a Reference Viscosity  

Typical values for viscosities within the mantle are hard to constrain, however investigations into 

the speed of post-glacial rebound (Gasperini & Sabadini, 1989; Forte & Mitrovica, 1996; Paulson 

et al., 2007) provide viscosity values ranging from 1 x 1021 – 1 x 1022 Pa s, yet there is a large 

uncertainty attached (Schubert et al., 2001). Default rheological parameters in the model are based 
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on laboratory studies by Hirth & Kohlstedt (2003) [Table 3]. A maximum and minimum viscosity 

(1 × 1024 Pa s and 1 × 1018 Pa s, respectively) are applied for numerical stability. 

Parameter Metasomatized 

Layer 

Craton Mantle  

Activation energies for diffusion creep [J mol-1] 375×103 375×103 375×103 

Activation energies for dislocation creep [J mol-1] 530×103 530×103 530×103 

Activation volumes for diffusion creep [m3 mol-1] 6.00×10-6 6.00×10-6 6.00×10-6 

Activation volumes for dislocation creep [m3 mol-1] 14.0×10-6 14.0×10-6 14.0×10-6 

Angle of internal friction [°] 5.7392 5.7392 5.7392 

Cohesion  20×106 20×106 20×106 

Density [kg m-3] 2800 3350 3400 

Grain size [m] 1.00×10-3 1.00×10-3 1.00×10-3 

Heat capacity [J K- kg-1] 1250 1250 1250 

Maximum yield stress [Pa] 1×1010 1×1010 1×1010 

Pre-factor for diffusion creep [Pa-1 mm s-1] 1.50×10-15 1.50×10-19 1.50×10-15 

Pre-factor for dislocation creep [Pa-n s-1] 1.00×10-16 1.00×10-20 1.00×10-16 

Stress exponent for dislocation creep [-] 3.50 3.50 3.50 

Thermal diffusivity [m2 s-1] 1.00×10-6 1.00×10-6 1.00×10-6 

Thermal expansivities [K-1] 3.00×10-5 3.00×10-5 3.00×10-5 

Acceleration due to gravity [m s-2] 9.81 

Grain size exponent [-] 3 

Internal mantle temperature [K] 1350 

Maximal temperature [K] 2000 

Maximal viscosity [Pa s] 1.00×1024 

Minimal temperature [K] 273 

Minimal viscosity [Pa s] 1.00×1018 

Radiogenic heating [W kg-1] 25.0×10-12 

Reference strain rate [s-1] 1.00×10-16 

Reference viscosity [Pa s] 1.00×1022 
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Table 3. List of rheological parameters and associated values for the three compositionally different layers: 

Metasomatized Layer, Craton and Mantle, as well as more general parameters which were kept constant 

throughout the modelling process. 

2.3.3 Thermal Model Setup  

Previous models investigating edge-driven convection have either produced a model with two 

thermal boundary layers at the top and bottom of the model (e.g. Córdoba & Ballmer, 2021), or 

with just a single boundary layer at the top, with the heat from the bottom boundary layer 

supplemented through increased radiogenic heating (e.g. Kaislaniemi & van Hunen, 2014; Negredo 

et al., 2022). A thermal boundary layer at the base of the model will produce small plume-like 

features that interfere with the formation and sustainment of EDC. This complicates the analysis of 

the EDC dynamics, and therefore a model setup without a bottom thermal boundary layer is adopted 

in all models in this thesis. To compensate for the absence of basal heat flowing into the model, an 

increase in radiogenic heating is used to sustain upper mantle temperatures (Kaislaniemi & van 

Hunen, 2014; Negredo et al., 2022), with the base of the model defined as the reference temperature 

of the mantle [Table 3]. Models also have a fixed temperature at the surface of 273 K.  

Both oceanic and cratonic lithosphere have a temperature field based on the half-space cooling 

(HSC) model: 

         𝑇 = 𝑇𝑚 ∙ erf (
𝑧

(2√(𝜅𝑡))
)        (2.11) 

Here the oceanic lithosphere was given an age of 50 Ma and the continental lithosphere an age of 

250 Ma (Córdoba & Ballmer, 2021). 

Equation 2.4 includes an adiabatic heating component. Therefore, in the reference model [Figure 

2.2], the initial mantle potential temperature is 1350 K in addition to an adiabatic heating term, 

which is added to the geotherm: 

∆𝑇𝑎𝑑𝑖𝑎𝑏 = (𝑇𝑚 + 𝑇𝑠) exp (
𝛼𝒈𝑧

𝐶𝑃
) − 𝑇𝑚      (2.12) 
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Where 𝑇𝑚 is the internal mantle temperature, 𝑇𝑠 is the surface temperature, 𝛼 is the thermal 

expansion coefficient, 𝒈 is the acceleration due to gravity, 𝑧 is depth and 𝐶𝑃 is the specific heat 

capacity.  

Figure 2.2. The default geotherm profile, resulting from the half-space cooling model and simple adiabatic 

function, taken through the oceanic lithosphere at timestep zero. These two functions produce the two distinct 

trends in the geotherm, with the smoothness of the transition between them dictating the ease in which small-

scale convection and lithospheric dripping can occur.  

2.4 ASPECT & Technical Model Setup 

Modelling results are obtained using the community-driven software tool ASPECT (Advanced 

Solver for Problems in Earth’s ConvecTion) version 2.2.0 (Kronbichler et al., 2012; Heister et al., 

2017; Bangerth et al., 2020a, 2020b). ASPECT is specifically built to compute equations defined 

in this chapter using a finite element method (FEM). This software tool is versatile and allows users 

to investigate a broad range of models, all whilst scaling well with a large number of processors 

associated with high performance computing (HPC) (e.g. Gassmöller et al., 2016; Heister et al., 

2017; Dannberg et al., 2017). 
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ASPECT can readily calculate a simplified melt fraction using the formulation by Katz et al. (2003), 

but in our models we did not track any resulting depletion or enrichment. As a consequence., 

accurate melt volumes or a local degree of melting cannot be obtained from these models, and a 

more qualitive approach was adopted instead using the concentration of fertile material to assess 

the potential for local intraplate volcanism. 

ASPECT allows for sophisticated adaptive mesh refinement [Figure 2.3]. Here, there are two main 

ways ASPECT can refine: global mesh refinement which is the number of times all the cells in the 

model are split, e.g. a mesh refinement of 3 would mean a cells are 23 = 8 times more resolved than 

if the global mesh refinement was not used; adaptive mesh refinement which adds further resolution 

based on large gradients in user defined parameters, e.g. at increased strain rates, viscosities and 

temperatures. The adaptive mesh refinement allows for greater resolution where the model is more 

dynamic, and more coarse resolution in stagnant areas, saving computational power compared to 

making the whole model as finely resolved. This mesh refinement was used to perform a resolution 

test for the models (Gassmöller et al., 2018). 

Figure 2.3. The basic lithosphere model with ASPECT-default values, with the model showing mesh size. 

Where there is a large change in gradient from one of the user specified strategies, the adaptive mesh 

refinement makes this area more resolved. For example, as there is a large change in strain rate and velocity 

at the edge of the craton due to a downwelling, the resolution has increased. This process is done at every 

timestep, giving higher resolution in sections of the model that require it, and lower resolution to more 

stagnant areas.  
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Chapter 3 

Mantle Dynamics Associated with 

Intraplate Volcanism: A Parameter 

Sensitivity Study  

3.1 Introduction and Rationale 

The aim of this study is to utilise 2D numerical models to explore whether a subcontinental 

metasomatized layer can explain the occurrence of intraplate volcanism, such as the Cameroon 

Volcanic Line (CVL). Results of these models are strongly dependent on rheological parameters 

and as such, a parameter study to investigate the sensitivity of the model dynamics to rheological 

parameters is conducted. This is followed by an investigation into the nature of convection, 

metasomatized layer dynamics and the fit the numerical model has to observables. 

Constraining the rheology of the upper mantle comes from the compilation of multiple 

observations. Laboratory studies investigating the effects of pressure on olivine crystals have been 

used to derive key rheological parameters associated with deformation mechanisms (Hirth & 

Kohlstedt, 2003; Rutter & Brodie, 2004a, 2004b; Dimanov & Dresen, 2005; Rybacki et al., 2006; 

Bürgmann & Dresen, 2008). These studies are useful, however there are caveats associated with 

the extent of pressure exerted on the olivine grains, as well as the length of time under pressure, as 

typical studies utilise a pressure of 300 MPa, and are relatively short. As such, extrapolation is 

required to reconcile the observations to those expected in the mantle, with pressures of ~23-25 

GPa expected at the 660 km discontinuity (Ishii et al., 2019), and deformation occurring over 

millions of years. The use of just olivine does not capture the full extent of the mantle composition, 

with minerals that are only stable at high pressure, like orthopyroxene and wadsleyite (~1 GPa and 
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~14 GPa respectively (Karato, 1988; Karato, 2010)) not explored. Subsequently, the values 

presented in these laboratory studies are limited to shallow environments; fail to capture the full 

extent of mineral diversity, including olivine phase transition and any resulting viscosity change 

towards greater mantle depths. 

Post-glacial rebound (PGR) observations have also been used to determine rheology due to the 

relationship between the rate of rebound and the viscosity of the mantle. Generally, these studies 

are in agreement that the viscosity of the upper mantle is on the order of 1021 Pa s (Peltier, 1974; 

Cathles, 1975; Mitrovica & Peltier, 1991a, 1991b; Forte & Mitrovica, 1996; Paulson et al., 2007), 

with Kaufmann & Lambeck (2000) suggesting a slightly lower value of 2 x 1020 – 5 x 1020 Pa s. 

These studies become more complex once a weak transition zone is considered, as well as large-

scale geodynamical processes such as plate subduction, particularly as comparisons to 1D synthetic 

data shows that PGR resolution is limited to approximately two layers when conducting an 

inversion for viscosity (Paulson et al., 2007). 

Investigations into geoid variation, in conjunction with mantle flow models derived from seismic 

velocity anomalies can determine relative changes in mantle viscosity, as the geoid is insensitive to 

absolute viscosity (King, 1995). Results from geoid studies are conflicting, particularly when 

determining the viscosity of the lower mantle, due to the seismic complexities of lower mantle 

structures implying compositional heterogeneities, e.g. large low shear velocity provinces (LLSVP) 

and whether they are purely a thermal anomaly (e.g. Davies et al., 2012) or thermo-chemical (Wen 

et al., 2001; Ni et al., 2002). Upper mantle viscosities are easier to reconcile, with values between 

1020 and 1021 Pa s (Nakada & Lambeck, 1989; Peltier & Tushingham, 1989; Ricard & Vigny, 1989; 

Lambeck & Nakada, 1990; Liu & Zhong, 2016; Rudolph et al., 2020). 

In this thesis, the rheological values reported by laboratory studies from Hirth & Kohlstedt (2003) 

are used as a starting point [Figure 3.1], and are adapted based on a parameter sensitivity study to 

find the best fit with the other observations. From this sensitivity study, a more adequate viscosity 

profile compared to the one produced when applying values from Hirth & Kohlstedt (2003), can be 

built, with justification of which set of values may be best for future modelling.  
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By comparing the viscosity profile when applying ASPECT default values (Hirth & Kohlstedt, 

2003) to a set of diffusion and dislocation creep dominant profiles [Figure 3.1], it seems certain 

parameters need to be altered to produce a more appropriate viscosity. Preferably, a composite 

viscosity should be comprised of a dislocation creep dominant domain from the lithosphere-

asthenosphere boundary (LAB), to ~250 km depth observed via seismic anisotropy (Schubert et al., 

2015), with mantle material below this diffusion creep dominant based on laboratory data [see 

Section 2.2.1]. Figure 3.1 shows the key characteristics that both a diffusion (red) and dislocation 

(yellow) creep dominant regime possess, which proves useful when trying to distinguish if a profile 

is composite. In this case the default viscosity profile (blue) produced by using values provided by 

Hirth & Kohlstedt (2003), follows the diffusion creep curve suggesting the dislocation creep is 

potentially too strong [Equation 2.7]. This means that instead of being a composite viscosity, the 

default viscosity profile produced by ASPECT (Hirth & Kohlstedt, 2003) is under a diffusion creep 

dominant regime, even where dislocation creep is expected to be dominant (Karato & Wu, 1993). 

The viscosity values at the 660 km discontinuity of the default profile are lower than expected, with 

the viscosity at this discontinuity suspected to be 1 × 1021 Pa s, as seen in PGR and geoid 

observations. Based on the parameter sensitivity studies conducted in this chapter, a more 

appropriate viscosity profile can be created, with a dislocation creep signature from the LAB to 

~250 km depth as observed through seismic anisotropy [Figure 3.1]. 
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Figure 3.1. A graphical comparison between a diffusion creep dominant regime (labelled ‘Diff Creep’ and 

in red), dislocation creep dominant regime (labelled ‘Disl Creep’ and in yellow) and the default profile (blue). 

This plot is a useful tool in identifying the different characteristics of each regime which can then be applied 

in determining whether a viscosity profile is composite. Here the two red lines mark the approximate depth 

of the lithosphere-asthenosphere boundary and 250 km depth. The diffusion creep dominant profile is a 

smooth curve through the LAB and continues to the 660 km discontinuity in a linear fashion. The dislocation 

creep dominant profile begins to fluctuate through the LAB, as it is dependent on the variability of strain rate. 

Diffusion creep does not share this relationship with strain rate, instead sharing a relationship with grain 

size, which does not change throughout this model. These plots were produced at t = 0 and run through 

oceanic lithosphere.  

After applying the results of the sensitivity study to produce a preferred model setup, the 

subcontinental metasomatized layer dynamics are investigated through a 2D numerical model 

which possesses both static oceanic and cratonic lithospheres (Kaislaniemi & van Hunen, 2014; 

Córdoba & Ballmer, 2021; Negredo et al., 2022). Success criteria include whether edge-driven 

convection (EDC) can form and remain long-lived for a period similar or longer than the age of the 

CVL, with the EDC potentially correlating to the linear shape of the CVL. Whether the 

subcontinental metasomatized layer behaves in a comparable way to that hypothesized by 
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Guimarães et al. (2020), with the presence of fertile material used as a proxy for increased melt 

rates [Chapter 2.4]. This is followed by a brief discussion of this chapter’s results and the next 

numerical modelling steps. 

3.2 Parameter Sensitivity Study 

This sensitivity study looks at factors which potentially have a large impact on viscosity whilst 

influencing which deformation mechanism is most prevalent, such as the grain size, diffusion creep 

pre-factor and dislocation creep pre-factor, which are investigated to understand their effect on the 

effective viscosity profile. 

3.2.1 Diffusion Creep Pre-factor 

Initially, the default diffusion creep pre-factor assigned in ASPECT (Hirth & Kohlstedt, 2003) was 

used as a starting point [Table 4]. Dislocation creep is not considered here, so any changes to 

viscosity directly correlate to the changes in diffusion creep pre-factor. A series of viscosity profiles 

are taken through the numerical models at timestep 0 and through the oceanic lithosphere [Figure 

3.2] The magnitude of the diffusion creep pre-factor is inversely proportional to the change in 

viscosity, since, with grain size remaining constant and diffusion creep not effected by strain rate, 

the only influence on viscosity is the pre-factor coefficient, 𝐴𝑖 which is inversely proportional to 

viscosity. 
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Figure 3.2 shows the five different viscosity profiles produced when altering the order of magnitude of the 

diffusion creep pre-factor. As diffusion creep is dominant in low stress environments (Karato & Wu, 1993), 

this is the region of interest. The red line denotes the minimum viscosity used in the models.  

3.2.2 Dislocation Creep Pre-factor 

Similar to the testing in Section 3.2.1, the dislocation creep pre-factor starts with the default 

ASPECT value (Hirth & Kohlstedt, 2003) as a median point [Table 4], with subsequent values 

having a 1 or 2 order of magnitude increase or decrease. Within this section, dislocation creep is 

the only mechanism influencing the sensitivity results, as diffusion creep is not considered. All five 

profiles in Figure 3.3 intersect the model through oceanic lithosphere at timestep 0, to give the 

initial viscosity profile for each test.  
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Figure 3.3 shows the five different viscosity profiles produced when altering the order of magnitude of the 

dislocation creep pre-factor. As dislocation creep is dominant in high stress environments with large strain 

rates (LAB to 250 km), this is the region of interest. From >100 km depth the viscosity fluctuates, with the 

increases in dislocation creep pre-factor magnitude displaying these fluctuations over a greater range of 

depths (100 ‒ 250 km).  

By altering the dislocation creep pre-factor by an order of magnitude the viscosity changes by a 

factor 
1

𝑛𝑖
, which for dislocation creep 𝑛𝑖 = 3 (e.g. Rybacki & Dresen, 2000; Hirth & Kohlstedt, 

2003). However, by altering the dislocation creep pre-factor, strain rates in the models would 

change, therefore impacting the effective viscosity.  

When testing dislocation creep and its effect on viscosity, the patterns in Figure 3.3 are indicative 

of dislocation creep influences which, as shown through seismic anisotropy observations, cease at 

~250 km depth. The profiles were taken at t = 0, which provided the initial viscosity profile of the 

model, and showed the influence that altering the dislocation creep pre-factor has on viscosity. 

However, due to low strain rates at this moment, it may not have been adequate to take a value of 

viscosity here, instead, allowing the model to evolve into a steady-state before measuring the effect 
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on viscosity. Acknowledging this, it is also fair to mention that these tests on dislocation creep were 

in a geologically passive region, yet strain rate varies with geological setting. For example, at a 

subduction zone, the subducting slab would generate high strain rates and so a lower dislocation 

creep strength is expected, leading to a lower overall viscosity compared to beneath the centre of a 

large continent. This is also reflected in the depth at which seismic anisotropy is observed in these 

high strain rate environments (e.g. Wang et al., 2017). 

3.2.3 Grain Size 

In geodynamical modelling, grain size is a poorly constrained parameter, yet it is highly influential 

on long-time-scale mantle dynamics (Hall & Parmentier, 2003) and rheology, impacting on 

diffusion creep strength and thus viscosity (Dannberg et al., 2017). Grain size is assumed to be 

constant throughout each model calculation, and is tested under a composite regime, where both 

dislocation and diffusion creep are active. Grain size values were chosen around the ASPECT 

default grain size of 0.001 m [Figure 3.4].  
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Figure 3.4 displays the five different viscosity-depth profiles produced when altering the values of grain size. 

Grain size has a large impact on diffusion creep with no influence on dislocation creep and as such, results 

could be used to influence viscosity with little to no change to creep pre-factors. The red line denotes the 

minimum value of viscosity emplaced on the models within this thesis, so grain sizes <1e-3 m would require 

changes in other parameters to provide a suitable viscosity for modelling.  

The distribution of the viscosity profiles can be explained as the grain size exponent (𝑚𝑖 [see 

equation 2.6]) for diffusion creep is 3 (Billen & Hirth, 2007), meaning the viscosity changes by the 

power 3 for every order of magnitude change in grain size.  

Due to the composite nature of the environment, models with larger grain sizes begin to display the 

fluctuations from the LAB to ~250 km, as seen to a greater extent in the dislocation creep testing. 

This is due to the relationship grain size has with diffusion creep which is not shared with 

dislocation creep. As viscosity is determined by the weakest form of deformation, there comes a 

point when the grain size becomes large enough that diffusion creep is sufficiently strong. As a 

result, in regions with large strain rates like the LAB, dislocation creep becomes dominant. 
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Grain size has a large impact on viscosity in diffusion creep dominant regions (e.g. Karato & Wu, 

1993), and as such is an important parameter to constrain, however values within geodynamical 

models are over-simplified, and are poorly constrained. The nature of grain size within the mantle 

is far more complex, with factors such as the heterogeneity of the mantle, the growth rate of 

minerals, the depth and phase of grains, as well as the water content of the local mantle having an 

impact on grain size (Rutter & Brodie, 2004a; Rybacki et al., 2006). So to model grain size as a 

single value for the entirety of the mantle fails to capture the complexities associated with a 

parameter which is highly influential in mantle dynamics (Dannberg et al., 2017 and references 

therein). 

3.3 Optimal Viscosity Profiles 

From testing within the prior sections, a set of composite viscosity profiles can be produced. In 

order to match observations from post-glacial rebound (Gasperini & Sabadini, 1989; Forte & 

Mitrovica, 1996; Paulson et al., 2007) and the dislocation dominance from the LAB to 250 km 

depths observed through seismic anisotropy (Karato & Wu, 1993; Schubert et al., 2015), the grain 

size, diffusion and dislocation creep pre-factors are modified to generate viscosity profiles that may 

fit the data better. Here, altering grain size and the diffusion creep pre-factor both impact the 

strength of diffusion creep, and although they have the same effect, future models where grain size 

varies they would be independent. So by testing these parameters separately [Table 4] gives 

physical insight that may become useful in the future.  

Figure 3.5 shows the obtained viscosity profiles developed through altering parameters found in 

Table 4, and are used in subsequent studies in Chapter 4. 
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Figure 3.5. Four appropriate viscosity profiles compared to the profile produced by implementing values 

from ASPECT (Hirth & Kohlstedt, 2003) at t=0 and through oceanic lithosphere [Table 4]. The new models 

display a viscosity ~ 2 orders of magnitude greater than the default profile, with fluctuations from the LAB 

to ~250 km, suggesting dislocation creep is active in this domain. This signature is more prominent in the 

models which weaken the dislocation creep pre-factor by an order of magnitude (profiles B and D). 

It must be noted that these are only a sample of adequate viscosity profiles, however it is best not 

to deviate greatly from the values reported by Hirth & Kohlstedt (2003), as these values have been 

found through laboratory data. As such, the profiles where only grain size was altered are to be 

carried forward, due to the variability and uncertainty of the grain size of the mantle, it is more 

easily justifiable compared to the changes in creep pre-factors made. In doing so, acceptable 

viscosity profiles are produced within the bounds of realistic values. 
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Table 4 lists the changes in the diffusion creep pre-factor, dislocation creep pre-factor and grain size in each 

of the five profiles plotted on Figure 3.5. 

 

3.4 Static Lithosphere Numerical Model Results 

The viscosity profile presented in the previous section is applied to investigate the mantle dynamics 

related to the CVL. The investigation into certain observables during the model run include: 

whether the models can form, develop and sustain edge-driven convection; the behaviour and 

dynamics of the subcontinental metasomatized layer and whether it correlates with the predictions 

made by Guimarães et al. (2020) and whether general dynamics of the model correlate to other 2D 

numerical models from literature.  

Profile Diffusion creep pre-factor 

(𝑃𝑎−1 𝑚𝑚 𝑠−1) 

Dislocation creep pre-factor 

(𝑃𝑎−𝑛 𝑠−1) 

Grain Size (m) 

Default 1.5 × 10−15 1.1 × 10−16 1.0 × 10−3 

A 1.5 × 10−17 1.1 × 10−16 1.0 × 10−3 

B 1.5 × 10−17 1.1 × 10−15 1.0 × 10−3 

C 1.5 × 10−15 1.1 × 10−16 5.0 × 10−3 

D 1.5 × 10−15 1.1 × 10−15 5.0 × 10−3 
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a) 2 Ma 

b) 15 Ma 

c) 53 Ma 

d) 66 Ma 

e) 126 Ma 

f) 197 Ma 

East West 
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Figure 3.6 shows the evolution of a 2D static lithosphere model through time, with an initial maximum fertile 

material fraction of 0.02 (equivalent to 2 volume % - as seen on the colour bar). The outline of the craton is 

denoted by the red contour, with white arrows representing velocity vectors, and the white box is where 

metasomatized layer derived melt would originate and, in future models, the fertile material concentration 

data is collected. 

3.4.1 The Evolution of Convective Processes 

Initially in Figure 3.6a, a cratonic lithospheric drip allows for the initiation of edge driven 

convection stricto sensu (EDCSS) bringing material down to the base of the model, where it is 

subsequently heated becoming more thermally buoyant. Approximately 13 Myr later [Figure 3.6b], 

the type of edge-driven convection changes from ‘stricto sensu’ to ‘with asthenospheric shear’ 

(EDCWS) [see Section 1.3.3]. This convective pattern evolves to become a large-scale convective 

feature, with material from below the centre of the craton becoming entrained. In Figure 3.6c, small-

scale convection and lithospheric dripping forms from instabilities under mature oceanic 

lithosphere, aiding mantle mixing. 

3.4.2 Metasomatized Layer Dynamics 

The metasomatized layer is influenced by the movement of both lithospheric and mantle material, 

with downwellings from the colder lithosphere dragging large concentrations of fertile material 

down to the 660 km discontinuity [Figure 3.6b]. In large part, material remains at the transition 

zone whilst it is heated, with small concentrations being redistributed by convection rolls at 

shallower depths. At ~50 Myr, the fertile material at the base of the model becomes sufficiently 

buoyant to rise up under the craton [Figure 3.6c]. Here, the large-scale convective processes pull 

material along the base of the craton, and up under the oceanic lithosphere, before descending 350-

500 km from the edge of the craton. Here the influence of small-scale convection and lithospheric 

dripping allow the fertile material to continue mixing further from its origin. The continuation of 

varying convective processes allows for greater mixing and dilution of fertile material in the local 

upper mantle. 
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3.5 Static Lithosphere Numerical Model Dynamics: Application and Evolution 

The numerical models display dynamic characteristics, such as the formation of EDC, which 

initially alternated between EDCSS and EDCWS similar to that observed by Negredo et al. (2022). 

This was also observed by Kaislaniemi & van Hunen (2014), although their models show a 

continuous EDC-type alternation with a periodicity between 14-27 Myr. This may be a feature of 

them using a continent-continent (proton-tecton) setting, with the lithospheric thickness defined by 

the tectonothermal ages of the two lithospheric terranes (with the proton a lithospheric terrane 

characterised by its older than Neoproterozoic age, making it thicker and more viscous than the 

younger tecton, which typically refers to thinner, younger lithosphere (Janse, 1991; Griffin et al., 

2003; Kaislaniemi & van Hunen, 2014)), similar to that observed at the Atlas Mountains (e.g. 

Missenard & Cadoux, 2012), however this may not be applicable everywhere (e.g. Negredo et al., 

2022). Lithospheric instabilities and small-scale convection form drips along mature oceanic 

lithosphere, and limit the equilibrium thickness of the lithosphere whilst aiding in mantle mixing 

(Richter, 1973; Richter & Parsons, 1975; Ballmer et al., 2009). 

3.5.1 Metasomatized Layer Dynamics and its Correlation to the Cameroon Volcanic Line 

Geometry 

The dynamics of the subcontinental metasomatized layer suggests an initially negative buoyancy, 

as it sinks to the base of the model. The fertile material remains at the 660 km discontinuity until it 

is sufficiently hot, where it becomes thermally buoyant, rising under the cratonic lithosphere. This 

initial behaviour is not consistent with the hypothesis by Guimarães et al. (2020), where they 

propose that the subcontinental metasomatized layer would flow directly from below the craton into 

the continent-ocean transition (COT), rather than sink to the 660 km discontinuity. The models 

suggest that after the material is heated at depth, it moves from below the cratonic lithosphere into 

the COT through the metasomatized layer’s buoyancy, as well as large-scale convective processes 

[Figure 3.6c, 3.6d] similar to the predictions made by Guimarães et al. (2020). This suggests that 

the model setup may require more time in situ to allow for the geotherm to develop as depicted in 

Figure 1.6. The subcontinental metasomatized layer should be present in the hotter asthenosphere 
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for a long period of time, to become sufficiently hot and weak to allow for neutral or positive 

buoyancy before the model begins.  

Volcanism through edge-driven convection alone is thought to produce narrow ranges of melt close 

to the craton (Negredo et al., 2022). Given the lower melting point of the subcontinental fertile 

material, it is hypothesized that such intraplate volcanism could be produced or aided through 

drainage of this fertile material. Therefore, we track how this fertile material moves through the 

white box in Figure 3.6, which we assume will correlate to potential melt generation to build the 

Cameroon Volcanic Line. It must be noted that the volume percentage of the fertile material within 

the subcontinental metasomatized layer is poorly constrained. 

The first significant arrival of fertile material into the white box in Figure 3.6 was ~40 Myr [Figure 

3.7], which correlates well with the delay in volcanism along the Cameroon Volcanic Line after the 

breakup of Pangea and the opening of the Atlantic Ocean. However, the dynamics of the 

metasomatized layer within this 2D static lithosphere model does not fit with the hypothesis of 

Guimarães et al. (2020), with material sinking to the 660 km discontinuity [Figure 3.6b]. As this 

numerical model has no spreading rate imposed, key mantle flows and dynamical processes may 
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not be taken into account, impacting the rate of fertile material flow into the COT. Subsequently, 

these dynamics are further investigated in Chapter 4. 

Figure 3.7 the concentration of fertile material in the white box at the continent-ocean transition for the static 

lithosphere model. An increase in fertile material moving into the white box occurs ~40 Myr, which may 

correlate to the delay in volcanism along the Cameroon Volcanic Line.  

3.5.2 Evolution of the Lithospheres 

The evolution of the model through time sees both oceanic and cratonic lithospheres change, and it 

is important to assess whether they remain realistic. The oceanic lithosphere grows in thickness 

during the model run from 80 km to 126 km, suggesting as the oceanic lithosphere became older, 

it thickened, but was also affected by lithospheric instabilities to remain realistically thick. The 

cratonic lithosphere, on the other hand, becomes thinner over time from 180 km to 165 km, due to 

large lithospheric instabilities and erosion. Unperturbed cratonic lithosphere has been thermally 

equilibrating for a long time, so is not expected to undergo such significant thinning. However, in 

the case for the Congo Craton and West African Craton, it could be argued that this thinning is the 

equilibrising of lithosphere previously thickened by continental collision (e.g. Foley, 2008; 

Guimarães et al., 2020). It has been observed through numerical modelling that EDC enhances the 

thinning of cratons as well as smoothening the gradient of the cratonic step, with the strength of the 

craton playing a critical role in the rate of cratonic lithospheric thinning (Currie & van Wijk, 2016; 

Liu & Chen, 2019). The strength of a craton is partially impacted by its hydration, with hydrous 

cratons more readily eroded compared to dry cratons, which can preserve a steep cratonic step for 

~100 Ma (Currie & van Wijk, 2016). The Congo Craton was highly metasomatized (e.g. Afonso et 

al., 2022), however if the development of a subcontinental metasomatized layer, as described by 

Guimarães et al. (2020) is the case under the Congo Craton, then the craton itself would be dry and 

more resistant to erosion. Due to these different growth rates and erosion the COT between the two 

lithospheres shallows over time, until EDC ceases.  
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3.6 Concluding Remarks and Modelling Next Steps  

The overall dynamics of the 2D model compare well to other numerical models (e.g. Kaislaniemi 

& van Hunen, 2014; Córdoba & Ballmer; 2021; Negredo et al., 2022). However, the edge-driven 

convection within the model did not periodically alternate from EDCSS to EDCWS, an observation 

made by Kaislaniemi & van Hunen (2014). Instead, there is an initial change from EDCSS to EDCWS 

with the latter prevailing until EDC ceases (Negredo et al., 2022). This, in conjunction with the 

large scale convective process, produces a large shearing force through the asthenosphere, which 

may suppress the formation of convective rolls later in the model (van Hunen et al., 2003; 

Kaislaniemi & van Hunen, 2014). 

The presented model has a weak metasomatized layer at the base of the craton which tends to 

delaminate and sink to the deep mantle, something which does not fit the hypothesis of Guimarães 

et al. (2020). At the 660 km discontinuity, the material warms until it becomes buoyant and, once 

sufficiently hot, it behaves as envisaged, mixing in the region where asthenospheric melting would 

correlate to the formation of the Cameroon Volcanic Line. Typically, crust is expected to sink into 

the deep mantle, but it may get trapped at the 660 km discontinuity (e.g. van Keken et al., 1996). 

So, although the subcontinental metasomatized layer does not possess the initial dynamics 

envisioned, this behaviour is perhaps not completely unrealistic. To investigate further, observables 

that can distinguish shallow and deep pathways need to be recognised.  

Some limitations with this model stem from the fact that the metasomatized layer is highly 

influenced by mantle flow, and yet this model does not display dynamical effects stemming from 

oceanic spreading, for example shear-driven upwelling (Conrad et al., 2010; Ballmer et al., 2013). 

Another key factor that impacts the development of EDC is the geometry of the passive margin, 

with large thickness gradients and a narrow COT able to produce strong EDC (Córdoba & Ballmer, 

2021; Negredo et al., 2022). To further investigate the effects these environmental parameters have, 

a more dynamic, self-consistent model with a spreading ocean may resolve this, which is addressed 

in the next chapter. 
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Chapter 4 

Mantle Dynamics During the Opening 

of an Ocean 

4.1 Ocean Opening Models 

The mechanism underpinning the origin and formation of the Cameroon Volcanic Line (CVL) is 

still unknown. It does not display an age progression (Fitton & Dunlop, 1985), its geochemistry 

suggests an asthenospheric origin rather than a deep-seated origin associated with mantle plumes, 

and its formation occurs contemporaneously with another volcanic chain of NE Brazil, which 

possesses indistinguishable geochemistry, while being separated by a spreading Atlantic Ocean 

(Guimarães et al., 2020). A commonly proposed mechanism to explain the volcanism is edge-

driven convection (EDC), but for that to work, an increase in mantle temperatures or volatile 

concentration is required to produce substantial volumes of melt (Kaislaniemi & van Hunen, 2014; 

Negredo et al., 2022). Here, we aim to investigate the dynamics of a hypothesized subcontinental 

metasomatized layer, resulting from long-lived metasomatism under cratons which undergo 

continental collision and thermal equilibration, subjecting the material to greater temperatures and 

making the metasomatized material hot, weak and mobile.  

Most previous EDC research utilises a 2D static lithosphere model (e.g. Kaislaniemi & van Hunen, 

2014; Córdoba & Ballmer, 2021; Negredo et al., 2022), but this does not capture the dynamical 

evolution of the mantle as oceanic lithosphere forms. Alternatively, a model simulating ocean 

opening would provide a more dynamic picture of the interaction between oceanic lithosphere and 

EDC. Such a model would consist of the initiation of ocean spreading beside a slab of cratonic 

lithosphere, spreading at a constant velocity. During this model, a natural continent-ocean transition 

(COT) would form following the evolution of oceanic lithosphere adjacent to the craton. The 

processes of spreading would induce a potentially important mantle flow which would influence 
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mantle convection, alongside the process of shear-driven upwelling (SDU), which would provide a 

natural source of upwelling at the edge of the craton and assist in fertile material drainage (Conrad 

et al., 2010; Ballmer et al., 2013). 

The aim of this chapter is to use a new ocean opening model to investigate the impact that ocean 

spreading has on the development of EDC and the dynamics of the metasomatized metasomatized 

layer, which is situated directly below the craton (Guimarães et al., 2020). This is done by 

conducting a parameter sensitivity study which aims to test the effect of changing non-rheological 

parameters: the half-rate spreading velocity, the compositional positioning of the metasomatized 

layer relative to the craton and the density of the fertile material. These parameters specifically test 

the fertile material mobility, and its ability to drain into the COT over a period of 40 Myr as 

hypothesized by Guimarães et al. (2020). 

4.2 Model Setup 

The ocean spreading model builds and adapts from models in Chapter 3, utilising the same physical 

governing equations as described in Chapter 2. The default model dimensions in these new models 

have been changed, from 660 x 2640 km for the static lithosphere models in Chapter 3, to a 660 x 

4620 km model to allow for the movement of material whilst spreading [Figure 4.1]. In some of the 

presented models, the dimensions are altered to allow internally consistent testing of influence of 

the half-spreading rate, as is described in Section 4.3.2. The thermal evolution of the models within 

this chapter differs from the static lithosphere model in Chapter 3. An initial continental geotherm 

is imposed across the entire model domain, with a surface temperature of 273K and a mantle 

potential temperature of 1350+273 K, in addition to the adiabatic component exp (
𝛼𝒈𝑧

𝐶𝑃
) in Equation 

2.12. To simulate the development of a thermal steady state during a supercontinent period before 

the ocean opening, a 100 Myr delay on spreading is emplaced, to allow the model to evolve into a 

natural steady-state (Sleep, 2007; Kaislaniemi & van Hunen, 2014; Negredo et al., 2022). After this 

supercontinent period, ocean spreading is simulated, and as oceanic lithosphere forms at the mid-

ocean ridge (MOR), it self-consistently develops an oceanic geotherm and a natural step in 

lithospheric thickness at the continent-ocean transition. 
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Similar to the model used in Chapter 3, there is a lack of a self-consistent depletion model, therefore 

models in this chapter do not directly allow for investigating the development of any melt [Section 

2.4]. Instead, a simplifying assumption is made that with a higher concentration of the initially 

subcontinental fertile material, a larger degree of melting is expected.  

Ocean spreading is modelled by imposing a fixed half-spreading rate at the top surface, and 

symmetry boundary conditions (
𝑑𝑇

𝑑𝑥
= 0 and free-slip flow) on the left-hand side boundary to 

simulate a MOR. The right-hand side boundary has a fixed, continental geotherm, and a free 

horizontal flow boundary condition imposed (𝑣𝑧 = 0,
𝑑𝑣𝑥

𝑑𝑥
= 0 ) [Figure 4.1]. Once the 100 Myr 

delay is complete, a constant default velocity of 2 cm/yr is imposed on the top boundary [Table 5], 

moving the craton from left to right, with the bottom boundary possessing a free-slip flow boundary 

condition and an imposed potential temperature of 1350+273 K, in addition to the adiabatic 

component exp (
𝛼𝒈𝑧

𝐶𝑃
) in Equation 2.12. The compositional model of the reference metasomatized 

layer, craton and mantle material are the same as those described in Chapter 2 [Table 4]. An 

important element to model is the maturation of the artificial geotherm, as the development of 

lithospheric instabilities depends strongly on the thermal structure of the lithosphere (van Hunen et 

al., 2005; Kaislaniemi et al., 2014). 

The models within this chapter are comprised of 3 compositionally distinct layers: a cratonic 

lithosphere 180 km thick; the mantle material below all other layers and the derivative of the oceanic 

lithosphere; the subcontinental metasomatized layer located directly below the base of the craton 

and 50 km in thickness [Figure 4.1], with its composition derived from mantle material and a more 

fusible material in a ratio 95:5. Within the models, a white box is used as a visual aid to show where 

the collection of fertile material concentration data takes place. This box is 300 x 100 km, situated 

at 100 km depth and directly beside the craton edge as this is where EDC-derived melt would occur; 

for fertile material to have an impact on melt generation, it has to be in this region (e.g. Negredo et 

al., 2022).  
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Due to the recondite nature of the hypothesized metasomatized fertile layer at the base of the 

continental lithosphere, we test a range of model parameters to see which play an important role in 

its dynamical behaviour. In particular, three key parameters are tested: the density of the 

subcontinental fertile material, the velocity of the half-spreading rate and the position of the 

subcontinental metasomatized layer relative to the compositional base of the craton. The fertile 

material ranges from a 200-1200 kg m-3 relative density decrease compared to the mantle material 

(noting that this fertile material makes up 5% of the overall metasomatized layer, with the mantle 

material making up the remaining 95%). The half-spreading rates between 2-5 cm/yr are 

investigated to explore potential dynamical phenomenon and their influence on fertile material 

drainage, as well as EDC formation. The relative position of the metasomatized layer, and hence 

the extent to which it is embedded into the lithosphere above, will likely affect mobility of fertile 

material. Models test metasomatized layer positions from fully within the (compositionally strong) 

craton to 50 km below the base of the craton and fully within the mantle. 

Figure 4.1. The initial model and its thermal evolution over a period of 100 Myr, allowing the artificial 

geotherm to mature. Here t=-100 Myr denotes the start of the model delay, where it sits in situ and t=0 is the 

start of the 2 cm/yr ocean spreading imposed on the top boundary, moving from left to right. Herein t=0 will 

be the starting point of subsequent models in the forthcoming Chapters. The craton boundary is marked by a 

red contour, the velocity vectors are denoted by white arrows and the metasomatized layer is scaled via the 

colour plot which shows the fertile material fraction. 

a) -100 Myr 

b) 0 Myr 

2 cm/yr 

Velocity and temperature 

boundary emplaced on 

open boundary 

Free-slip emplaced on left 

and bottom boundaries 

East West 
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4.3 Ocean Opening Reference Model Results 

Figure 4.2. The reference ocean opening model using the default values in Table 5. Subcontinental 

fertile material moves into the white box, which is where the concentration data will be collected 

for future figures in this chapter. The craton (red contour) is moving from left to right, with the left 

(a) 4 Myr 

(b) 19 Myr 

(c) 42 Myr 

(d) 56 Myr 

(e) 107 Myr 

(f) 139 Myr 

(g) 175 Myr 

East West 
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hand side simulating a mid-ocean ridge spreading centre. The colour-plot denotes fertile material 

concentration, and the white arrows denote velocity vectors.  

Table 5. The default values used in Figure 4.2, as well as the range of values used in the non-

rheological testing throughout Chapter 4. 

4.3.1 Density of the Fertile Material 

Geochemically, it has been suggested that metasomatized material in cratons is derived from 

carbonate-rich metasomatism (Menzies et al., 1987; Tappe et al., 2017; Guimarães et al., 2020; 

Groves & Santosh, 2021) which suggests the fertile material to be close to 2800 kg m-3 in density. 

This value is used as a starting point with densities of fertile material ranging from 2200-3200 kg 

m-3 with testing of values at intervals of 200 kg m-3, due to the uncertainty of the material’s 

composition, and therefore its density. The other non-rheological parameters are set to their default 

values [Table 5]. Figure 4.3 shows the two end members of the study, as well as the initial density 

correlating to a carbonate-rich metasomatized layer.  

Parameter Default Value Value Range 

Half-spreading rate [cm/yr] 2.0 2.0 − 5.0 

Relative compositional position of  metasomatized layer [km] 0.0 ‒ 50.0 − 50.0 

Density of fertile material relative to mantle [kg m-3] −600 ‒ 1200−‒ 200 

(a) 2200 kg m-3 

(b) 2800 kg m-3 

(c) 3200 kg m-3 

East West 
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Figure 4.3 shows the fraction of fertile material with a density of a) 2200, b) 2800 and c) 3200 kg m-3. All 

models within this figure are taken at t=100 Myr, with the red contour denoting the craton edge, the white 

arrows representing velocity vectors and the 300 x 100 km white box tracks the concentration of fertile 

material. 

By observing the concentration of fertile material at the continent-ocean transition (COT) at 100-

200 km depth over time, both fertile dynamics and potential influences on edge-driven convection 

derived melt can be inferred. More fertile material moves up the craton edge and into the thinner 

lithosphere for fertile material densities of <2800 kg m-3. In comparison, the densest material fails 

to move up into the COT. Instead, lithospheric dripping from the base of the craton drags material 

into the mantle, which is slowly mixed via convection.  

By collecting fertile material concentration over time for each density tested [Figure 4.3], a more 

qualtative comparison of metasomatized layer dynamics can be inferred, and can be used to 

determine the range of densities that is more favourable to the dynamics proposed by Guimarães et 

al. (2020).  

Figure 4.4 is the average volume percentage of fertile material in the data box (white box in Figure 4.2) 

through time, for different densities of the fertile material from 2200 kg m-3 to 3200 kg m-3 in intervals of 200 
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kg m-3, which equates to a 10 kg m-3 change in the bulk metasomatized layer density. Lighter shades of blue 

denote lighter densities, with darker shades correlating to greater densities.  

If the fertile material is denser than 3000 kg m-3, the concentration of fertile material doesn’t 

increase to a value >0.5 volume %. Conversely, the models with fertile material densities ≤2600 kg 

m-3 experience increasing concentrations of fertile material for ~40 Myr, before remaining relatively 

constant between 1-1.5 volume % for the rest of the model run. The density associated with 

carbonates, 2800 kg m-3, is a combination of these two density ranges, with an increase in fertile 

material concentration in the first 40 Myr. However, instead of remaining constant, the 

concentration fluctuates until ~100 Ma, when the concentration drops steadily from 1 volume % to 

0.5 volume % over a period of 20 Myr. After that, the concentration remains constant until the end 

of the model run.  

Throughout the thesis, two forms of density measurement are used: fertile material density, which 

is the density given to the more fusible elements of the metasomatized layer, and bulk 

metasomatized layer density, which is the density of the metasomatized layer, including the 95% 

mantle material and the 5% fertile material. For example, a 200 kg m-3 change in fertile material 

density would equate to a 10 kg m-3 change in bulk metasomatized layer density.  

4.3.2 Oceanic Spreading Rate  

The rate of oceanic spreading can play a large role in asthenosphere dynamics by generating 

shearing forces (Conrad et al., 2010; Bianco et al., 2011; Ballmer et al., 2013). This section will 

investigate the impact different velocities of spreading rate has on the formation of EDC, as well as 

the effects it has on metasomatized layer dynamics. The velocity of half-spreading rate varies 

greatly in location and time (Müller et al., 2008), so for simplicity, a range of constant velocities 

from 2-5 cm/yr were chosen, to provide a sufficient range of real-world values.  

The density of the fertile material for all the velocity models was set to 2800 kg m-3, as suggested 

for carbonate-rich metasomatized material [Table 5] (Menzies et al., 1987; Tappe et al., 2017; 

Guimarães et al., 2020; Groves & Santosh, 2021). Due to the changes in velocity, a change in model 

box width is also required, to allow ample space for the craton edge to remain within the model 
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box: the models testing velocity have an increase width from 4620 km to 10560 km, providing a 

new aspect ratio of 16:1 [Figure 4.5]. 

 

Figure 4.5 shows the fertile material concentration of the two end members of the half-spreading rate tests, 

2 cm/yr and 5 cm/yr (a and b, respectively) at t=100 Myr. Due to the increased aspect ratio, there is a zoomed-

in domain centred around the continent-ocean transition (COT), as the velocity of spreading differs. This 

domain is denoted by the black box on the full-width figure and is ~4000 x 660 km. Data shown in Figure 4.6 

is collected from the white box at the COT. The red contour denotes the edge of the craton, the white arrows 

the velocity vectors, and the colour plot is the concentration of fertile material. 

 

The slower velocity shows the fertile material being dragged down by lithospheric drips at the base 

of the craton, whilst the faster velocity models lack any cratonic lithospheric dripping, with the 

metasomatized layer staying coherent at the base of the continental lithosphere [Figure 4.5]. 

By investigating the fertile material within the white box over time, the effects of half-spreading 

rate on the asthenosphere and the metasomatized layer can be quantified [Figure 4.6]. 

(a) 2 cm/yr 

(b) 5 cm/yr 

East West 
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Figure 4.6 shows the concentration of fertile material in the white box at the continent-ocean transition for 

models of different half-spreading rate velocities ranging from 2-5 cm/yr, with increments of 1 cm/yr.  

 

Higher half-spreading rates lead to greater concentrations of fertile material present at the COT. 

Velocities >2 cm/yr provide a steady increase in fertile material through time, with rates slowing 

or becoming constant after 100 Myr. Initially, velocities of 4 cm/yr and 5 cm/yr are very similar, 

however, the faster velocity continues its increase in fertile material to ~3.2 volume %, whilst the 

4 cm/yr model remains at a constant ~2.5 volume % from 120-200 Myr. The slowest velocity of 2 

cm/yr had an initially very small increase in fertile material, which becomes a fluctuating decline 

resulting in the same initial value 200 Myr later.  

4.3.3 Relative Compositional Position of the Metasomatized Layer 

The depth of the hypothesized subcontinental metasomatized layer relative to the thermal or 

compositional base of the lithosphere is poorly constrained. Whether the metasomatized layer is 

positioned within the cratonic mantle lithosphere, asthenospheric mantle or a combination of the 

two, can have implications on its mobility. The default position of the metasomatized layer in all 

previous models has been directly below the craton, starting at 180 km, which coincides with the 
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cratonic compositional base. In this section, the depth of this layer is defined as relative to this 

compositional base of the lithosphere. For example, in Figure 4.7, ‘0 km’ (the default position in 

the other models) relates to the top of the metasomatized layer starting at the base of the cratonic 

lithosphere, so that the relative distance between these two depths is 0 km.  

Figure 4.7 shows the default (b) relative compositional position, with the metasomatized layer beginning 

immediately below the craton; the two end members (a and c), with the metasomatized layer contained fully 

within the craton, and 50 km below the base of the cratonic lithosphere respectively. The models within this 

figure were taken at t=100 Myr. The white box is where fertile material data is taken, the red contour denotes 

the craton edge, and the white arrows display the velocity vectors. 

 

The mobility of the metasomatized layer is strongly influenced by its position in relation to the 

craton, with greater concentrations of fertile material able to drain into the thinner lithosphere if the 

layer is positioned deeper. 

(a) -50 

(b) 0 km  

(c) 50 km  

East West 
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Figure 4.8 shows metasomatized layer concentrations below the oceanic lithosphere for models with different 

relative compositional positions of the metasomatized layer, in relation to the base of the cratonic lithosphere. 

The metasomatized layer is 50 km thick and the relative position is based on where the top of this layer is 

with respect to the base of the craton. Lighter shades of red denote shallower depths, with darker shades 

correlating to greater depths. 

 

The models with the metasomatized layer located entirely within the asthenosphere show greater 

concentrations of fertile material in the COT. Figure 4.8 shows that there is less fertile material in 

the COT when the metasomatized layer starts 50 km deeper than the base of the craton, compared 

to when the metasomatized layer starts 25 km deeper than the base of the craton. Figure 4.7 shows 

the fertile material in the deepest position (50 km) diffusing into the mantle, with the shallowest 

part of the metasomatized layer potentially moving into the COT. This may suggest that there is an 

optimum depth at which fertile material is mobile enough to move into the COT, but not so mobile 

that it can be convected away easily. Models with the metasomatized layer either partially or 

entirely within the craton show a restricted fertile material mobility, with models -50 and -25 km 

showing fertile material concentrations <0.1 volume % [Figure 4.8].  
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4.4 2D Atlantic Ocean Opening Model Discussion 

4.4.1 The Nature of Oceanic Spreading Models  

The general dynamics of the rifting models correlate well with previous geodynamical models, with 

EDCSS forming at the edge of the craton and with lithospheric dripping at the base of mature oceanic 

lithosphere. Models using a 2D static lithosphere model are predicted to have EDCSS rolls form and 

influence depths of 660 km, as seen in models from Chapter 3 (King & Anderson, 1995, 1998; King 

& Ritsema, 2000), however with the introduction of ocean spreading, a mantle wind with an 

opposing force forms at the base of the model. The stronger the shearing, the more restricted EDC 

is in terms of its formation depth, with models producing convection rolls which have influence 

<410 km in depth (Till et al., 2010) rather than 660 km (King & Anderson, 1995, 1998; King & 

Ritsema, 2000). 

Some model assumptions and simplifications are worth noticing in this context. No mantle phase 

transitions are implemented in these models, or the associated rheological layering of the mantle 

transition zone. This could potentially influence the velocity of the ‘mantle wind’, and thus the 

depth at which EDC rolls have influence. In the cases where half-spreading rate was altered, there 

was some shearing as a result of return flow, which was an artefact of the tangential velocity 

boundaries emplaced on the model. Furthermore, the presented models are all performed in two 

dimensions, whereas a 3D model would probably display convection roll axes parallel to spreading 

direction (e.g. Kaislaniemi & van Hunen, 2014). In that case, the shearing would not affect the 

convection (van Hunen et al., 2003; Ballmer et al., 2009). 

Guimarães et al. (2020) argue that the start of volcanism 40 Myr after the opening of the Atlantic 

suggests a slow mobilisation of the subcontinental metasomatized layer. However, our modelling 

results show that this mobilisation is almost instantaneous after the ocean basin forms. This suggests 

that another mechanism is required to explain the 40 Myr delay between Atlantic opening and the 

start of the volcanism along the Cameroon Volcanic Line. 
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4.4.2 The Effect of Half-spreading Rate Velocity 

By altering the half-spreading rate, certain processes evolved which influenced the dynamics of the 

upper mantle. Modelling results show that for half-spreading rates > 3 cm/yr, lithospheric dripping 

is suppressed (van Hunen et al., 2003), and is relevant for the dynamic evolution of the 

metasomatized layer.  

This suppression impedes the formation of convection rolls, preventing the metasomatized layer 

from dripping, subsequently remaining as a coherent layer for longer. Intrinsically, more material 

is able to participate in shear-driven upwelling (SDU), a dynamical process where shear dominates 

the flow pattern such that upwellings are much closer to the COT than EDCWS. SDU occurs due to 

asthenospheric shearing caused by half-spreading rates between 3-9 cm/yr (Conrad et al., 2010; 

Bianco et al., 2011; Ballmer et al., 2013). Conrad et al. (2010) established that a half-spreading rate 

of 5 cm/yr correlated with a 0.5 cm/yr upwelling at the craton edge, and this explains the increase 

in fertile material as velocity of spreading increases. With SDU forming at velocities between 3-9 

cm/yr, this may also explain the trend differences between the model with a half-spreading rate of 

2 cm/yr and those ≥3 cm/yr [Figure 4.6].  

4.4.3 Metasomatized Layer Parameters and Their Implications 

Due to the ambiguity of a potential metasomatized layer, testing general parameters with a large 

range of values would supply a good sense of trends and the potential nature of a metasomatized 

layer. In these tests, the sensitivity of the dynamics to metasomatized layer density was established, 

with trends in fertile material concentration in the COT greatly affected over a 40 kg m-3 change in 

bulk metasomatized layer density (due to a fertile material density range of 2600-3000 kg m-3). The 

critical point for fertile material density is 2800 kg m-3, which correlates to the density of carbonates, 

the material most likely to be metasomatized in the craton, and generate carbonate-derived melt 

(Tappe et al., 2017; Groves & Santosh, 2021). Here the values <2800 kg m-3 mostly drained into 

the COT throughout the model run, whilst those with densities >2800 kg m-3 sank to the base of the 

model, away from any region which may generate melt. The starting point of 2800 kg m-3 behaved 

like both denser and lighter models, transitioning from a buoyant metasomatized layer, to a denser 
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metasomatized layer ~100 Myr. This may suggest that fertile material would have to have a density 

<2800 kg m-3 to maintain a constant drainage of fertile material and therefore, volcanism along the 

Cameroon Volcanic Line. 

In terms of the compositional position of the metasomatized layer, the further into the mantle it 

starts the more mobile the metasomatized layer is, leading to greater concentrations of fertile 

material in the COT. On the contrary, when large portions of the metasomatized layer are still within 

the craton, it remains immobile almost entirely. Even when testing a metasomatized layer with 25 

km in the craton and 25 km in the mantle, the movement was limited. The extent of restriction may 

present an alternative to the CVL’s origin: instead of being dependent on the Atlantic’s opening, 

the fertile material may have required more time to thermally re-equilibrate after continental 

collision, moving from a cold, relatively stationary craton to a warmer, more mobile asthenosphere. 

40 Myr after the Atlantic Ocean opened, the metasomatized layer was finally mobile enough to be 

released from the craton and mix into the upper mantle and generate melt. 
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Chapter 5 

Discussion 

5.1 Introduction 

This chapter discusses both the static lithosphere models from Chapter 3 and how they compare to 

previous edge-driven convection (EDC) models, as well as the Atlantic Ocean opening model 

developed in Chapter 4. This will be followed by an analysis into the phenomena that occurred 

within the Atlantic Ocean opening model. Finally, model limitations and potential future work are 

discussed. 

5.2 2D Static Lithosphere Model Comparison 

5.2.1 Model Setup Comparison 

To make numerical modelling studies conceptually and computationally tangible, a variety of 

simplified model setups have been adopted when investigating intraplate volcanism, reflecting the 

variety of hypothesized mechanisms previous work has focussed on. For example, in the 

construction of 2D numerical models, most edge-driven convection models have a limited depth 

extent down to either the 410 km (e.g. Till et al., 2010) or 660 km discontinuity (e.g. van Wijk et 

al., 2010; Kaislaniemi & van Hunen, 2014; Córdoba & Ballmer, 2021; Negredo et al., 2022) to 

achieve high-enough spatial resolution with affordable computational power. Before further 

discussing the modelling results from Chapter 3 and 4, it is worth discussing a few model 

assumptions in more detail.  

The vigour and longevity of EDC and its potential to explain intraplate volcanism have previously 

been examined, and lithosphere thickness plays a crucial role. A range of lithospheric thicknesses 

have been used, with cratonic thicknesses ranging from 100-200 km and oceanic lithosphere 

thicknesses ranging from 60-100 km. Due to these variations in thickness, there is a difference in 

the gradient of the continent-ocean transition (COT), with both steeper gradients and narrower 
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transition widths displaying larger and more vigorous EDC (Córdoba & Ballmer, 2021) and 

potentially more melt (Negredo et al., 2022). Unless in extreme conditions (e.g. the Eastern part of 

the North China Craton, which lost most of its keel (Liu et al., 2018)), typical intraplate cratons are 

between 150-300 km in thickness (e.g. Artemieva & Mooney, 2002; Hoggard et al., 2020), 

providing a large lithospheric thickness gradient in models necessary for EDC formation and 

longevity.  

Mantle plumes and whole mantle convection provide partial control on upper mantle temperatures. 

The associated dynamics of these deep mantle features complicate models that aim to focus on the 

development of EDC, especially if the model domain is confined to the upper mantle only. As such, 

different setups of sustained heating and simulation of heat permeating from the lower mantle has 

typically been used in those models. One approach is to impose a thermal boundary layer at the 

base of the model, which produces mantle plumes and convective upwelling from this boundary. 

Such upwellings are likely to occur in nature as well, but they complicate analysis if one is trying 

to isolate the effects of parameters on processes like EDC (e.g. Ballmer et al., 2009; Córdoba & 

Ballmer, 2021). Alternatively, such upwellings are suppressed by imposing a bottom boundary 

condition that has no thermal boundary layer. In that case, heat supply to sustain realistic upper 

mantle temperatures is arranged through unrealistically high radiogenic heating (Kaislaniemi & van 

Hunen, 2014; Negredo et al., 2022). The advantage of the latter model setup is that it removes the 

small plumes, so there is less of a disturbance in upper mantle dynamics and so a simple, yet clear 

understanding of the dynamical influences can be established. In this study, we adopted the latter 

approach. A radiogenic heating value that was 3.38 times higher than the present-day mantle 

average of 7.38 x 10-12 W kg-1 (Schubert et al., 2001) was used to sustain statistically constant upper 

mantle temperatures. In comparison, Negredo et al. (2022) used a value of 16 x 10-12 W kg-1 for 

their models without basal heating, and 12 x 10 -12 W kg -1 when EDC was accompanied by a mantle 

plume. Kaislaniemi & van Hunen (2014) used a range of different radiogenic values from 12 to 27 

x 10-12 W kg-1. Our applied radiogenic values therefore fall within the range of previously adopted 

values. 
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5.2.2 Mantle Dynamics 

The type of edge-driven convection is an important factor to observe, as edge-driven convection as 

described by King & Anderson (1995, 1998) produces a much larger convection cell (EDCSS) [see 

Section 1.3.3], which suggests volcanism further away from the craton. In comparison, the 

alternative form of edge-driven convection which requires asthenospheric shearing (EDCWS) to 

induce a smaller convection roll at the continent-ocean boundary (COT), melt would potentially 

form closer to the craton. In terms of edge-driven convection and whether stricto sensu (EDCSS) or 

with shear (EDCWS) is the dominant type, our 2D numerical model shows parallels to Negredo et 

al. (2022), with an initial downwelling producing EDCSS, which is quickly replaced and then 

dominated by EDCWS. As mentioned in Section 1.3.3, the characteristics of these EDC-types are 

different, with EDCSS influencing the deep upper mantle (King & Anderson, 1995, 1998) more than 

EDCWS which is a smaller convection roll (Kaislaniemi & van Hunen, 2014; Negredo et al., 2022).  

The 2D static lithosphere numerical model are comparable to a failed rift, as seen along the CVL 

via the Benue Trough. The mantle dynamics predominantly displays EDCWS which would suggest 

a narrow range of volcanism close to the COT, whilst the ocean spreading models exhibit EDCSS 

which may produce wider spread melt further from the craton. Investigations into the extent of this 

melts width may reconcile with the observations of the CVL’s width and its distance from the 

Congo craton. 

5.2.3 Effects of a Metasomatized Layer on Melt Generation 

To accurately calculate the amount of melt produced in the model, some form of tracking of melt 

depletion is required. However, in the present modelling setup, melting can only be calculated as a 

postprocessing step [Section 2.4] by way of comparison of the ambient temperature with the local 

solidus temperature. So, directly comparing observed melt from the Cameroon Volcanic Line 

(CVL) with model results is complicated, since depletion due to any melting is not accounted for. 

This simplification implies that material that has previously melted, will melt again just as easily. 

In the models presented, we circumvent this shortcoming by investigating if a metasomatized layer 
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flowing into the oceanic lithosphere from the base of the continents can enhance melting and 

explain the CVL. Instead of explicitly modelling melting, we track the movement of the 

metasomatized layer as a proxy for volcanism.  

Whether edge-driven convection is capable of producing significant volumes of intraplate 

volcanism is unclear. The study by Córdoba & Ballmer (2021) displays small volumes of melt at 

an increased reference mantle temperature of 1400 °C, whilst Kaislaniemi & van Hunen (2014) 

observe that EDC provides periodical magmatism, with similar volumes and periodicity to the Atlas 

Mountains. This may be a result of increased internal heating, allowing for higher mantle 

temperatures, or a larger flow from below the craton, producing more asthenospheric shearing and 

mantle flow. Negredo et al. (2022) show the production of a 200 km narrow region of volcanism 

through EDC alone, which increases with the addition of a mantle plume and its associated increase 

in mantle temperature (1720 K). These studies illustrate that EDC-derived melt is difficult to 

produce without an added feature to enhance magmatism, with an increase in mantle temperature 

being a key factor. This increase in mantle temperatures is applicable in some cases. For example, 

the Canary Islands displays a HIMU geochemical signature suggesting a mantle plume in the region 

(Gurenko et al., 2009; Negredo et al., 2022). However, there is no recognised deep-seated positive 

thermal anomaly in the Cameroon region (Forte et al., 2010; Reusch et al., 2010, 2011; Celli et al., 

2020; Boyce et al., 2021b). Instead, in this thesis we invoke a subcontinental metasomatized layer 

as a mechanism to enhance magmatism in the region.  

5.3 Implications of an Ocean Opening Model 

In the absence of a thermal anomaly, edge-driven convection may require an increase in volatiles 

to generate significant volumes of melt, with a metasomatized fertile layer explored in this thesis. 

This metasomatized layer would develop as cratons, which have been subjected to metasomatic 

events during their >2 Gyr existence (Foley, 2008; Wenker & Beaumont, 2017; Eeken et al., 2018; 

Afonso et al., 2022), become thicker due to continental collision (e.g. the formation of Gondwana). 

This thickening puts the carbonate-rich metasomatized base of the craton (Menzies et al., 1987; 

Tappe et al., 2017; Groves & Santosh, 2021) at increased depths, and stretches the geotherm 
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vertically. Over time, this stretched geotherm will re-equilibrate, with the lithosphere-asthenosphere 

boundary (LAB) moving back to shallower depths. By this process, the metasomatized fertile layer 

gradually becomes part of the asthenosphere, where it warms and weakens, which in turn, allows it 

to become mobile. The metasomatized layer may remain immobile below the lithosphere until 

continental break-up starts, which would allow the material to drain below thinner lithosphere, 

where it can replace or mix with the ambient mantle and reduce the local solidus [Section 1.5] 

(Guimarães et al., 2020). This volatile rich material would melt at lower temperatures and pressures, 

aiding with melting derived from edge-driven convection processes. Our oceanic spreading models 

shows that for a bulk metasomatized layer density <3370 kg m-3, this layer tends to flow into the 

continent-ocean transition (COT) [Section 4.3.1], as predicted by Guimarães et al. (2020).  

The models in Section 4.3.2 show the significant impact of increasing the half-spreading rate 

velocity, particularly when the velocity is >3 cm/yr. At velocities of 3-9 cm/yr the dynamical 

process known as shear-driven upwelling (SDU) becomes prevalent (Conrad et al., 2010; Ballmer 

et al., 2013). As a result, SDU is able to pull greater concentrations of fertile material from the base 

of the cratonic lithosphere to the base of the oceanic lithosphere, in comparison to models which 

do not display SDU processes (<3 cm/yr half-spreading rates) [Figure 4.6]. Both EDCWS and SDU 

share similar convective patterns, but they are derived from different dynamically mechanisms. In 

our models SDU strength changes are dictated by changes in plate velocity, as asthenospheric 

viscosity heterogeneity is not implemented. EDCWS is dependent on asthenospheric shear generated 

by an increase in mantle temperature beneath thicker lithosphere (e.g. cratonic lithosphere). 

Distinguishing whether this flow is more greatly influenced by EDCWS or SDU is hard to quantify. 

However, if compared to static lithosphere models where SDU is not present, there is an increase 

in upwelling fertile material. Another effect of increasing the spreading rate velocity is the 

suppression of lithospheric dripping which may impact the ability for convective processes like 

edge-driven convection to form (van Hunen et al., 2003). However, this may be a feature only 

present in 2D numerical models, as Kaislaniemi & van Hunen (2014) observe longitudinal 
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convection rolls in their 3D models which are not prohibited by shearing, and form as a result of 

plate movement (e.g. Ballmer et al., 2009). 

Although not directly investigated the location of magmatism between models in Section 3 and 

Section 4 would differ slightly due to the mechanisms at play. The models in Section 3 

demonstrated an intense upwelling, close to the COT which, in combination with the volatiles from 

the metasomatized layer, would restrict volcanism to a narrow width close to the craton. Models in 

section 4 displayed metasomatized material moving into the COT which may induce magmatism, 

as well as EDCSS which provides the upwelling of the convection roll further from the craton. This 

combination may explain the Y-shaped nature of volcanism further in the continent, with volcanism 

found both close to the craton and further in the continent (Figure 1.2). 

A key difference in the models presented in this thesis and the original proposal is the speed at 

which this subcontinental fertile material travels. Guimarães et al. (2020) proposed that the delay 

in volcanism after the opening of the Atlantic was due to the slow movement of the metasomatized 

layer, while our models show an early arrival, on the order of 1-3 Myr after the opening of the ocean 

basin.  

The thermal position of the subcontinental metasomatized layer relative to the base of the craton 

plays a significant role in its mobility, and offers an alternative hypothesis to explain the ~40 Myr 

delay in volcanism. Instead of linking the timing of the metasomatized layer mobility directly to 

the opening of the Atlantic, we hypothesize that this timing is linked to the asthenospherization of 

this metasomatized layer [e.g. Figure 4.7a to Figure 4.7b]. After the continental collision and the 

associated continental shortening and thickening, the vertically stretched geotherm slowly re-

equilibrates to its pre-collisional profile. This process exposes the subcontinental metasomatized 

layer to asthenospheric conditions, subsequently heating, weakening and increasing its mobility. 

Only then can this layer move into the COT as observed in models in Chapter 4. We therefore 

hypothesize that the time delay between the Atlantic Ocean opening and the onset of CVL 

volcanism is not due to the slow flow of mantle material, but due to the thermal changes resulting 

from the building and break up of supercontinents. 
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The presented modelling results exhibit a key difference in metasomatized layer drainage between 

the ocean opening model, which displays fertile material continually draining into the COT, and 

the numerical modelling in Chapter 3, which shows fertile material mixing is driven by the large-

scale shearing forces. The implementation of spreading provides a change in convective patterns, 

with edge-driven convection stricto sensu the dominant form in the spreading models (Till et al., 

2010) compared to the edge-driven convection with shear forming in the static lithosphere-style 

numerical models which utilise an increased radiogenic heating value (e.g. Kaislaniemi & van 

Hunen, 2014; Negredo et al., 2022). To obtain a better understanding of the resultant flow patterns 

at the COT, it is useful to view results in a different reference frame. All previous model results 

show velocities vectors relative to the model box [see Figure 5.1a]. However if they were plotted 

relative to the (moving) continent, the material below it, including the asthenosphere would be 

moving to the left. As a result, the movement of mantle material from this new reference frame 

makes observing EDC and asthenospheric flow easier [Figure 5.1b].  

Figure 5.1a shows the ocean opening model using the same reference frame as models presented previously 

in this thesis, with the velocity vectors represented as white arrows. Here the model box is the reference 

frame, with the continent moving 2 cm/yr to the right, and the material beneath moving in the opposite 

direction.  

Figure 5.1b shows the same model but showing velocities relative to that of the continent. Here, the velocity 

vectors are given an additional 2 cm/yr in the opposite direction to ocean spreading, making the continent 

stationary and the material below move relatively faster to the left. 

(a) 

(b) 

East West 
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5.4 Parameter Controls on Metasomatized Layer Drainage and Their Influence on 

Intraplate Volcanism 

One of the main aims of this thesis was to determine the main controls on metasomatized layer 

drainage and assess their feasibility. Chapter 4 investigated the effects that half-spreading rate 

velocity, metasomatized layer position relative to the craton and metasomatized layer density has 

on the concentration and drainage of fertile material into the thinner oceanic lithosphere. Here, the 

concentration of fertile material acts as a proxy for melt due to the limitations in implementing melt 

depletion to give realistic melt values.  

5.4.1 Half-spreading Rate Velocity 

Generally, investigations into spreading rate velocity have shown it to be a highly influential 

parameter in forming intraplate volcanism. Ballmer et al. (2009) displays this by linking linear 

volcanic chains that lack an age progression in the Pacific, to self-organised small-scale convection 

induced by ocean spreading. In terms of spreading velocities and their interaction with cratons, the 

formation of shear-driven upwelling at velocities of 3-9 cm/yr drags material along the edge of the 

craton, with faster velocities correlating to greater upwelling velocities (Conrad et al., 2010; Bianco 

et al., 2011; Ballmer et al., 2013). This process may explain why there is a large increase in the 

volume of fertile material at spreading rates of 5 cm/yr compared to 2 cm/yr. As the default value 

for half-spreading rate to test the other parameters was 2 cm/yr, it can be assumed that SDU does 

not occur in those tests, and that varying those parameters did not have as big of an impact as 

altering the velocities.  

5.4.2 The Metasomatized Layer Density 

The density plays a decisive role in the metasomatized layer’s buoyancy, and therefore its ability 

to move up into the continent-ocean transition (COT). There is a narrow range of 30 kg m-3 in bulk 

metasomatized layer density determining whether the fertile material rises into the COT, or sinks 

with lithospheric drips. As this parameter is poorly constrained yet highly influential to fertile 

material drainage, it suggests this is an area that is essential for future work. Both the Cameroon 
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Volcanic Line and Fernando de Noronha display metasomatism at the base of the craton, as 

evidenced in xenoliths (Kogarko et al., 2001) and thermochemical analysis via thermodynamically-

constrained inversions of land and satellite datasets (Afonso et al., 2022). This suggests that, in 

conjunction with the continental collision of Gondwana, a metasomatized layer could develop as 

predicted by Guimarães et al. (2020). A key parameter on metasomatized layer density is the 

volume of fertile material in this layer, as greater concentrations of fertile material will reduce the 

bulk density of the metasomatized layer. The metasomatized fertile layer is thought to be derived 

from carbonate-rich melts which are relatively lower density and are thought to remain buoyant in 

the upper mantle (Tappe et al., 2017; Ritter et al., 2020; Groves & Santosh, 2021). If future 

observations are able to determine the extent of cratonic metasomatism through either seismic 

studies or similar thermochemical analysis conducted by Afonso et al. (2022), then future models 

can have a more precise range of fertile material concentrations and densities.  

5.4.3 The Relative Position of the Thermal Layer 

The metasomatized layer is thought to derive from the separation of metasomatized material from 

the cratonic lithosphere via continental collision subjecting the fusible minerals to greater depths. 

As the geotherm begins to equilibrate after the continental collision, the lithosphere-asthenosphere 

boundary begins to move back to shallower depths, leading to the metasomatized layer’s position 

changing from lithosphere to asthenosphere where it can be heated, weakened and become mobile 

(Foley, 2008; Guimarães et al., 2020). This process allows fertile material to be released from the 

cratonic lithosphere into the asthenosphere, building up over time until the opening of an ocean can 

disturb it and initiate the migration of fertile material to shallower depths. As the extent at which 

the geotherm equilibrates is hard to know, so intrinsically is the depth at which the metasomatized 

layer resides. Here we test the mobility and dynamics of a 50 km thick metasomatized layer when 

it starts between 130 km and 230 km depths [Figure 5.2]. The results show that the depths can be 

categorised into 3 groups: the shallowest group which has its mobility restricted by being in the 

craton compositionally (-50 km and -25 km depth in relation to the base of the craton [Figure 4.7, 

4.8]). the intermediate group that is outside the craton and in the asthenosphere and flows into the 
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continent-ocean transition (0 km and 25 km depth in relation to the craton [Figure 4.7, 4.8]). and 

the deepest group, where the effects of mantle convection move the fertile material around the upper 

mantle, rather than asthenospheric flow pulling material into the COT (50 km depth in relation to 

the base of the craton [Figure 4.7, 4.8]). The differences in mobility of the shallow group compared 

to the intermediate and deepest group is a result of the material the metasomatized layer is 

comprised of, with 95% of the metasomatized layer taking on the background material. For the 

shallow group they had elements of the craton which is highly viscous and restricting any flow, in 

comparison to the intermediate and deepest group with a background material of asthenosphere and 

mantle. To a lesser extent, the depth and therefore temperature has an impact on metasomatized 

layer mobility, with hotter material becoming weaker and thus more mobile [Figure 5.2]. As the 

deepest group shows, there if a point where the metasomatized layer is effected more by large-scale 

mantle convection processes, rather than asthenospheric flow moving material into the COT as seen 

in the intermediate group.  

Figure 5.2. The location of the metasomatized layers (black vertical bars) in relation to the geotherm through 

the craton taken after 100 Myr of ocean spreading. The geotherm is zoomed in on this section to better show 

the metasomatized layer placement, which in order from top to bottom is -50 km, -25 km, 0 km, 25 km and 50 

km deep in relation to the base of the craton (denoted by the blue dashed line). 



81 

 

As the results from Section 4.3.3 show, when the metasomatized layer was within the asthenosphere 

or mantle, the movement into the COT was rapid after the spreading began. This may be due to the 

density of the fertile material being low enough that it can flow into the COT. The speed at which 

fertile material flows into the COT does not correlate to the prediction made by Guimarães et al., 

(2020), where it is suggested the metasomatized layer takes 40 Myr to move into the COT, 

corresponding to the delay in volcanism after the opening of the Atlantic. Looking at the difference 

in metasomatized layer position, we propose that the delay is not due to the metasomatized layer 

migration, but by the slow continuous build-up of material from the craton until it becomes unstable 

and released. In Figure 4.8 we see that when the metasomatized layer is half within the craton and 

half within the asthenosphere the metasomatized layer mobility is greatly impeded, where the 

volume of fertile material moving into the COT is negligible. However, once the metasomatized 

layer is fully within the asthenosphere, it can move more freely. As the geotherm still develops, 

more fertile material moves from the cratonic lithosphere and is present in the asthenosphere until 

the layer becomes unstable and begins to flow toward the COT. 

The relative metasomatized layer depth is an important parameter in determining the volume of 

fertile material which can flow into the COT, and as such requires further investigation. The 

development of such models is beyond the scope of this work, but is planned for a future project, 

and may display the full evolution of a metasomatized layer as described by Guimarães et al. (2020). 

Cratons with metasomatized material undergo continental collision and then left for an appropriate 

length of time to equilibrate (e.g. ~500 Myr to simulate the formation and then splitting of 

Gondwana), before ocean spreading begins, triggering the movement of the fertile material. 

5.4.4 Application to the Cameroon Volcanic Line 

The Cameroon Volcanic Line (CVL) is a near-linear, ~1600 km in length volcanic chain between 

the Congo Craton and the West African Craton [Figure 2]. The feature shows no age progression 

and traverses both oceanic and continental lithospheres, with the difference in geochemistry slight 

due to crustal contamination (Fitton, 1987; Njome & de Wit, 2014). Volcanism along the chain has 

been long lived from 65 Ma to Present (Njome & de Wit, 2014), and therefore started ~40 Myr after 
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the continental break-up of Pangea (Guimarães et al., 2020). The CVL shares similar features, 

geochemistry and magmatic history to a volcanic chain in NE Brazil, with evidence of: prolonged 

volcanism between 52 Ma and 1 Ma, a lack of age progression and alkaline geochemistry suggesting 

asthenospheric origin (Knesel et al., 2011; Perlingerio et al., 2013; Souza et al., 2013). The 

contemporaneous nature of magmatism along the CVL and magmatism in the NE Brazil, post-

continental break-up, suggests an alternative mechanism to mantle plumes is driving the intraplate 

volcanism.  

Based on the results from the testing, appropriate values can be applied to fit those expected at the 

Cameroon Volcanic Line which can help determine if large concentrations of fertile material could 

drain in this region, aiding in melt generation.  

The half-spreading rate of the Atlantic has been consistently slow through time with values between 

1.5– 2.5 cm/yr, so as an average, the 2 cm/yr model would be a realistic fit to the half-spreading 

rate observations. Based on this, influences from shear driven upwelling would be weak, producing 

~1.0 volume % of fertile material, and as such, fertile material drainage would be influenced 

primarily on the buoyancy of the metasomatized layer. With the percolation of carbonate melts 

thought to make up the fertile material (Tappe et al., 2017; Guimarães et al., 2020; Groves & 

Santosh, 2021), a reference density for the fertile material of ≤2800 kg m-3 would be the most viable, 

as carbonate melts remain buoyant in the upper mantle (Ritter et al., 2020), and testing shows 

densities of ≤2800 kg m-3 displays positive buoyancy once the ocean opens [Section 4.3.1]. The 

fertile material within these models makes up a small percentage of the overall metasomatized layer, 

with the mantle of constant density comprising the rest. Caveats to this are that the volume of fertile 

material that composes the metasomatized layer is difficult to determine, and mantle density is not 

homogeneous, so may also play an influential role in regulating whether the metasomatized layer 

is buoyant or not. Here, the concentration of fertile material, as well as the density of the overall 

metasomatized layer are poorly constrained, but important parameters, and as such require work to 

better constrain them.  
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Due to the uncertainty of the metasomatized layer’s positioning, it would be difficult to accurately 

gauge where the metasomatized layer lies during the opening of the Atlantic. If it is assumed that 

the delay in volcanism is through slow migration of material (e.g. Guimarães et al., 2020), then the 

metasomatized layer would be positioned between 0 km and <50 km depth in relation to the base 

of the craton, as fertile material would be too restricted if it was situated in the craton. However, if 

the delay in volcanism is a result of the LAB still equilibrating, becoming shallower and allowing 

more metasomatized material to accumulate in the asthenosphere, then the metasomatized layer 

would be positioned closer to 0 km relative to the base of the craton. The models within this thesis 

model a relatively short period of time, when in fact the cratons would have ~500 Myr to allow the 

geotherm to equilibrate. 

The thicknesses of the Congo and West African craton flanking the CVL are sufficient to produce 

a steep gradient at the COT [Figure 2], which, as observed by Negredo et al. (2022), aids in the 

generating of melt, particularly when ambient mantle temperatures are high. As the concentration 

of fertile material is used as a proxy for melt generation, it is hard to determine the quantitative 

impact these parameters and fertile material drainage would have on melt genesis under the CVL. 

Another key factor that may influence melt generation is the geological complexities of the CVL, 

such as the Benue Trough, which may impact the mantle dynamics to become more favourable to 

large-scale magmatism.  

5.6 Model Limitations and Future Work 

When models are used to investigate melt generation within the Earth, there is a level of 

simplification required due to the inherent complex nature of melting processes. The tracking of 

melt can simply be derived when a material reaches a temperature exceeding its solidus at a given 

pressure. Yet, in nature, melt can freeze and then later be remelted, with systems becoming far more 

complex when depletion and enrichment are introduced. As a material melts it loses fusible minerals 

first, leaving a depleted rock composed of high melting point minerals. As a result of this depletion, 

material becomes inherently harder to melt again due to the higher melting point of residual 

minerals. To add further complication, melt retention reduces both the density and viscosity of a 
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system, leading to slight differences in dynamics. Melt depletion was not implemented in the 

models presented within this thesis, and therefore tracking melt occurrence and melt volumes are 

not quantified. If melt were to be tracked and a sufficient depletion model was implemented, we 

could potentially observe an increase in the materials viscosity due to the reduction in water content 

alongside a potential decrease in buoyancy due to the change in composition. However, if melt is 

retained, then this may have the converse effect, making the material weaker whilst also decreasing 

its density. Instead, the concentration of fertile material was used as a proxy for melt. Although not 

vital to investigate metasomatized layer dynamics, it would have provided reliable melt generation 

values which could be compared to prior non-plume intraplate volcanism work. Having melt 

processes, including concurrent depletion as a result of melt within the models, offers the possibility 

to calculate melt volumes.  

The processes within this thesis are modelled in 2D, and as a result is not capable of modelling 3D 

features (e.g. Ballmer et al., 2009; Kaislaniemi & van Hunen, 2014). The Cameroon Volcanic Line 

is clearly a 3D structure, and adding a third dimension into the models would enable the 

investigation of the geological complexities in the region. In 3D the metasomatized layer would be 

more scattered potentially providing local zones of magmatism. The mantle and asthenospheric 

flow patterns observed in 2D would differ in 3D (e.g. Kaislaniemi & van Hunen, 2014 & Ballmer 

et al., 2009). It is important to stress that if 3D models were produced, the local geology must also 

be implemented as we believe that features such as the Benue Trough may play a pivotal role in 

asthenospheric flow channelisation (Koch et al., 2012; Elsheikh et al., 2014; Li et al., 2016) and 

subsequently the impact this has on self-organising mantle flow, particularly by the edge of the 

craton. Future work in this region may benefit from utilising a 3D ocean opening model, as it can 

encapsulate the geological features, such as the Benue Trough, the continental, oceanic and cratonic 

lithospheres and their geodynamical role in the enigmatic process of the CVL’s formation. The 

transfer from 2D geodynamical models to 3D provides a distinct change in convection roll nature. 

Instead of forming perpendicular to the craton edge like as seen in 2D models, convection rolls in 

3D models form parallel to the craton edge, with rolls forming perpendicular to plate movement 
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(Ballmer et al., 2009; Kaislaniemi & van Hunen, 2014). This change in structure may explain why 

volcanism is offset from the Benue Trough, as this feature channelises material (Elsheikh et al., 

2014), small-scale convection can form with the movement of material, and decompression in 

combination with fertile material, may produce melt. This shows how integral the complexities are, 

with potentially all of them required to produced melt, further proving how unique EDC derived 

magmatism may be. 
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Chapter 6 

Conclusion 

This thesis investigated whether edge-driven convection in conjunction with a carbonate-rich 

metasomatized fertile layer (e.g. Foley, 2008; Afonso et al., 2022), could explain the volcanism 

along the Cameroon Volcanic Line (Guimarães et al., 2020). The dynamics of such a 

metasomatized layer was explored via a series of 2D ocean spreading numerical models, which 

aimed to determine the influential parameters controlling metasomatized layer behaviour, and 

whether it would impact the shallower lithosphere as predicted by Guimarães et al. (2020). The 

main conclusions of this work are as follows: 

A metasomatized layer at the base of the craton is capable of moving into the thinner oceanic 

lithosphere, with the volume of fertile material dependent on several critical parameters. Density of 

the metasomatized layer played the most important role, with densities <2800 kg m-3 required for 

continuous drainage. The most influential parameter is the velocity of the spreading rate, as at the 

tested velocities of 3-5 cm/yr a dynamical process known as shear-driven upwelling (SDU) occurs, 

with faster velocities correlating with greater upwelling velocities. Here, SDU pulls material from 

initially below the craton, up its edge and into the thinner lithosphere. In addition, the higher 

spreading rate velocities impact the ability for lithospheric drips and subsequently small-scale 

convection to form, impeding edge-driven convection formation. 

The fit between model results and the 40 Myr delay in volcanism after the opening of the Atlantic, 

requires more work, since the present models show that the metasomatized layer moves into the 

oceanic lithosphere after only 1-3 Myr. Other further improvements involve incorporating the 

intrinsically 3D features of the Cameroon Volcanic Line, including the mantle flow between the 

West African and Congo Cratons along the Benue Trough. The channelisation along this thin 

lithosphere may drive small-scale convective processes, leading to edge-driven convection and 

melt, due to the reduction in local solidus. By investigating the 3D structure of the region, work on 
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convection roll geometries and how they differ to 2D numerical models can be conducted, helping 

to establish if high spreading rate velocities impact small-scale convection and edge-driven 

convection in 3D. 
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Appendices  
 

Appendix A 

Appendix A. The viscosity profile through both cratonic and oceanic lithosphere from the beginning to the 

end of the 2D static lithosphere model run, showing the change in lithospheric thickness over the 300 Myr 

run.  

 

 

 

 

 

 

 

 

 

 

 

 



108 

 

Appendix B 

Appendix B. The implementation of the: initial delay in spreading, half-spreading rate, and the subsequent 

velocity equation on the right hand side boundary. 
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Appendix C 

Appendix C. The effect of filtering data using the movemean function in MATLAB. Due to the movement of 

the white box collecting data based on grid points, there is a continuous fluctuation as the box moves. Here 

the movemean filtering smooths out this periodic movement, whilst keeping the changes seen in the model. 


