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ABSTRACT

Magmatic orogens are continental arcs and collisional belts that are associated
with syn-tectonic magmatism. They record heat and mass transfer processes acting from
the mantle to the surface. While magmatism, deformation, and surface erosion each take
place at various depth levels, they are dynamically linked processes through interaction in
the lithosphere. This dissertation presents an investigation of how heat and mass transfer
processes in the lithosphere affect the evolution of magmatic orogens. | first present an
evaluation of magma genesis resulting from partial melting of underthrusted lower crust.
The causes of episodic magmatism in the Mesozoic Sierra Nevada continental magmatic
arc and the sources of high-magma flux (flare-ups) are under debate. Here, | use the
results of numerical modeling and scaling analysis to assess the mass balance and
thermodynamic feasibility of generating arc magma as a result of partial melting of
underthrusted lower crust. | show with a constant underthrusting rate of 5 km/Myr, the
magmatic thickening rate is 0.1-0.3 km/Myr, accounting for 10-30% of the magmatic
thickening rate during a flare-up. The cumulative volume of magma generated from the
partial melting of a 20-km-thick underthrusted lower crust is on the order of 10° km?,
~10-40% of the estimated magma volume generated during a flare-up. Therefore, the
results show that partial melting of underthrusted lower crust plays a subsidiary role in
driving a magmatic flare-up event. Additional magma derived from the mantle and/or
other crustal sources are needed to achieve the observed magmatic output during flare-

ups. However, the arc root developed by partial melting of the underthrusted crust



reduces the time needed to obtain the critical thickness for root foundering, thus

influencing the tempo of arc magmatism.

As magma ascends into the crust, its interactions with the deforming crust are
recorded in the exhumation history of a tilted crustal section and fabrics in plutons. The
Gangdese Batholith is well exposed in southern Tibet and presents a unique opportunity
to investigate the evolution of a continental arc from subduction to collision. | applied Al-
in-hornblende barometry across the eastern Gangdese Batholith to obtain pluton
emplacement pressures to identify potential spatial trends in bedrock pressure. The results
reveal a regional paleo-depth pattern with plutons emplaced at 1-2 kbar in the west near
Lhasa that deepens to 6-12 kbars in the east, near Nyingchi. By coupling the pressure
data with U-Pb zircon ages, | estimate the exhumation history of the Gangdese Batholith
since 100 Ma and show a sequence of exhumation and burial phases as well as the
expected changes in crustal thickness, reflecting major tectonic events including the
development of a continental arc and the India-Asia continent-continent collision. |
hypothesize that the Gangdese Batholith was tilted due to differential exhumation along
the E-W direction since ~10 Ma, associated with the formation of the eastern Himalayan
syntaxis. Along with the exhumation history, I also studied fabrics recorded by the
Gangdese plutons and report magmatic fabric measurements from the eastern Gangdese
Batholith, aimed to decipher the crustal response to changes in India-Asia convergence
style from subduction to collision. Results show magmatic fabric orientations are variable
through time and represent: (1) a pre-collision Late Cretaceous subduction phase of

orogen-perpendicular contraction and crustal thickening. (2) Transitional Paleocene-



iii
Eocene crustal thinning and a change in crustal contraction stress from ~N-S to ~E-W.
(3) Post-Eocene crustal thickening without a clear, dominant principal stress direction.
The pre-collision Late Cretaceous fabrics are interpreted to record approximate head-on
subduction of the Neo-Tethyan oceanic plate beneath the Asian continent, while the post-
collision fabrics reflect the enigmatic nature of the India-Asia collision, as well as the

complexity of the post-collisional processes.

Motivated by the recognition of the tilted Gangdese crust, | explored the role of
surface erosion in driving solid earth processes. Particularly, whether erosion-driven rock
uplift is responsible for the rapid exhumation of the eastern Himalayan syntaxis (EHS).
Results of numerical simulations show that localized surface erosion (5 km/Myr) is able
to exhume lower crust from depths of >40 km on timescale of ~10 Myr, produce high
topography, and generate partial melt in the lower crust. Erosion-driven advection
elevates the local geothermal gradient and reduces crustal viscosity, promoting
deformation. Exhumation is sustained by isostatic flow resulting from lithostatic pressure
difference and amplified by crustal diapirism, associated with the presence of hot and
buoyant molten rocks in the weakened advection channel. Such diapiric upwellings
trigger a rapid acceleration in rock uplift rates to values greater than the driving erosional
forcing and cause localized surface uplift, resulting in topography higher than
surrounding regions. The erosion-driven exhumation model demonstrates the intricate
coupling between surface erosion and rock uplift, as well as the active role of surface

erosion in driving orogenic evolution.
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CHAPTER 1: Introduction to the dissertation



MASS AND HEAT TRANSFER PROCESSES IN MAGMATIC OROGENS

Orogens are the result of multiple processes such as magmatism, metamorphism,
tectonic deformation, sedimentation, and surface erosion operating in the mantle up to the
surface. In particular, the formation of orogenic belts involves prolonged mass and heat
transfer processes across different depths in the lithosphere and Earth’s surface (e.g.,
Jamieson & Beaumont, 2013). Both continental magmatic arcs and collisional belts are
typically associated with syn-tectonic magmatism (e.g., Dewey & Bird, 1970; Pfiffner,
1992; Clift et al., 2003; Simoes et al., 2007; Roeder et al., 2013). Therefore, both
orogenic systems can be referred to as ‘magmatic orogens’ or ‘hot orogens’ because of
the intense deformation and magmatism that affects them (Collins 2002). Magmatic
orogens play an important role in volcanic hazards (e.g., Crisp 1984), global carbon
budget (e.g., McKenzie et al., 2016), in the formation of new continental crust (e.g.,
Rudnick 1995, Stern, 2002) as well as the formation of most ore deposits (e.g., Richards,
2013). In a typical magmatic orogen, there are several processes occurring in the mantle
to the surface that are linked, including: (1) melt generation in the mantle wedge and
lower crust (e.g., Davies & Stevenson, 1992; Stern & Kilian, 1996); (2) magma ascent
and emplacement into the deforming crust (e.g., Brown, 1994; Petford et al., 2000); (3)
orogeny as a result of magmatism and tectonic deformation (e.g., Dickinson et al., 1978;
Agard et al., 2011; Mouthereau et al., 2012); and (4) surface erosion modifying crustal
thickness and topography (e.g., Molnar & England, 1990; Avouac & Burov, 1996;
Willett 1999; Zeitler et al., 2001). However, our understanding of various processes
operating in magmatic orogens such as subduction zone dynamics, magma production,

crustal growth, and surface processes and their interactions is still limited.



In my dissertation, | focused on the Sierra Nevada Batholith in California and the
Gangdese Batholith in southern Tibet, China. The Sierra Nevada Batholith represents a
long-lived Mesozoic continental arc formed by subduction of the Farallon plate beneath
the North American plate. The plutonic part of the arc is referred to as the Sierra Nevada
Batholith, which has been exhumed to the surface (e.g., Chen & Moore, 1982; Bateman,
1992; Ducea, & Saleeby, 1998; Ducea, 2001; Saleeby et al., 2008). The Sierra Nevada
Batholith is recognized as an example of episodic magmatic behaviors in continental arc
systems (Ducea, 2001, DeCelles et al., 2009, Paterson & Ducea, 2015) and presents an
opportunity to investigate how mass and heat transfer processes in the crust and upper
mantle affect the evolution of the orogen. One of the critical questions related to the
Sierra Nevada Batholith is the cause of the episodic magmatism (i.e., arc tempos) (e.g.,
Paterson & Ducea, 2015; Kirsch et al., 2016). While some models provide an integrated
framework to explain episodic magmatism (e.g., Ducea, 2001, DeCelles et al., 2009), the

mantle versus crustal contributions to the genesis of arc magma are not well constrained.

The Gangdese Batholith developed as the result of the northward subduction of
the Neo-Tethys paleoocean beneath the Eurasian plate, and the subsequent India-Eurasia
collision (e.g., Yin & Harrison, 2000; Kapp et al., 2007; Ji et al., 2009, 2014; Zhu et al.,
2015). The Gangdese plutons are well exposed in southern Tibet with numerous
crystallization ages spanning from Cretaceous to Neogene (see summary in Chapman &
Kapp, 2017). Thus, the Gangdese Batholith presents a unique opportunity to investigate
the evolution of a continental arc from subduction to collision. Although significant
research has focused on the composition and geochronology of the igneous rocks in the

Gangdese Batholith (e.g., Ji et al., 2014; Zhu et al., 2015), many key questions remain:



(1) What is the regional bedrock pressure pattern in the Gangdese orogen? Does the
Gangdese represent a tilted crustal section? (2) How does the upper plate accommodate
deformation during subduction and collision? (3) What is the role of surface erosion in

exhuming the deeper crust?

My dissertation addresses the above questions related to the Sierra Nevada and
the Gangdese Batholiths. The chapters of this dissertation are presented as independent
journal-style papers. The second chapter, Does underthrusting crust feed magmatic flare-
ups in continental arcs? was published in Geochemistry, Geophysics, Geosystems in
2020 (Yang et al., 2020). In this study, | use numerical models and scaling analysis to
assess the mass balance and thermodynamic feasibility of generating arc magma as a
result of partial melting of underthrusted lower crust. By applying the model to the
Mesozoic Sierra Nevada arc, | show both the magmatic thickening rate and cumulative
magma volume are not sufficient to drive arc flare-up events. Instead, additional melts
from the mantle and/or other crustal sources are needed to achieve the observed
magmatic output during flare-ups. Therefore, partial melting of underthrust lower crust
plays a subsidiary role in driving a magmatic flare-up event. However, the arc root
developed by partial melting of the underthrusted crust reduces the time needed to obtain

the critical thickness for root foundering, thus influencing the tempo of arc magmatism.

The third chapter, Crustal tilting and differential exhumation of Gangdese
Batholith in southern Tibet revealed by bedrock pressures, was published in Earth and
Planetary Science Letters in 2020 (Cao and Yang et al., 2020). In this study, we applied

Al-in-hornblende barometry across the eastern Gangdese Batholith to obtain pluton



emplacement pressures. The results reveal a regional paleo-depth pattern with plutons
emplaced at 1-2 kbar in the west near Lhasa that deepens to 6-12 kbars in the east, near
Nyingchi. Therefore, the Lhasa-Nyingchi region (the eastern Gangdese orogen) likely
represents a tilted crustal section. We coupled this pressure data with U-Pb zircon ages to
further constrain the exhumation history of the Gangdese Batholith since 100 Ma. The
results showed that the upper crust experienced limited exhumation, while the middle-
lower crust underwent a complex exhumation and burial history, reflecting major tectonic
events including the development of the continental arc and India-Asia continent-
continent collision. We conclude that the Gangdese Batholith was probably tilted due to
differential exhumation along the E-W direction since ~10 Ma, associated with the
formation of the eastern Himalayan syntax. Our findings show the upper and middle-
lower crust can behave differently, and the exhumation history reflects integrated
tectonic, magmatic, and surface processes. | was the second author of this paper and my
contributions included: (1) four weeks of fieldwork in Tibet in July 2018 to collect
samples; (2) two trips to Rice University to conduct Electron Probe MicroAnalysis
(EPMA) for Al-in-hornblende barometry for ~20 samples (one visit with dissertation
advisor and one independent visit); (3) wrote MATLAB scripts for a kinematic model of
rock exhumation during crustal thickening and surface erosion; (4) data compilation,
post-processing, and visualization using QGIS and MATLAB; (5) and assisted in drafting

and editing of the manuscript.

The fourth chapter, Magmatic fabrics of the Gangdese Batholith as an indicator
of upper plate deformation and implications for plate convergence between India and

Asia since Late Cretaceous, is a manuscript based on the field data collected during the



2018 trip to Tibet. I intended to revisit Tibet to finish field data collection, but the plan
was disrupted by travel restrictions to China due to the COVID-19 pandemic. In this
paper, | report magmatic fabric measurements from the eastern Gangdese Batholith and
attempt to decipher the crustal response to changes in India-Asia convergence style from
subduction to collision. I explore how magmatic fabric orientations vary with pluton
emplacement U/Pb zircon ages to constrain upper plate deformation during plate
convergence (subduction and collision). Results show magmatic fabric orientations are
variable through time and represent: (1) the pre-collision subduction phase of orogen-
perpendicular contraction and crustal thickening; (2) transitional crustal thinning and a
change in crustal contraction stress from ~N-S to ~E-W; and (3) post-Eocene crustal
thickening without a clear, dominant principal stress direction. Tectonic foliation in
(meta-)volcanic-sedimentary country rocks in the region show consistent orogen-parallel
orientations indicative of finite strain dominated by orogen-perpendicular shortening. |
interpret pre-collision Late Cretaceous magmatic fabrics to record approximate head-on
subduction of the Neo-Tethyan oceanic plate beneath the Asian continent. The post-
collision fabrics reflect the enigmatic nature of the India-Asia collision, as well as the

complexity of the post-collisional processes.

The fifth chapter, Numerical and scaling models of erosion-driven isostatic flow
and diapirism in continental crust: Implications for the evolution of the Eastern
Himalayan Syntaxis, will soon be submitted to Geochemistry, Geophysics, Geosystems.
This work builds on the outstanding questions of Chapter 3 and investigates the
likelihood of surface erosion-driven exhumation of the eastern Himalayan syntaxis

(EHS). In this study, | used numerical simulations to quantify the effects of erosion-



driven exhumation on the lithosphere using a 2-D thermo-mechanical finite element code
implemented with visco-elasto-plastic rheology and particle-in-cell approach. Results
show that constant, focused surface erosion can exhume lower crust from >40 km depth
on the timescale of ~10 Myr, produce high topography, and generate partial melt.
Erosion-driven advection elevates the local geothermal gradient and drastically reduces
crustal viscosity. Rock exhumation is sustained by isostatic flow and amplified by the
occurrence of crustal diapirism in a warm, felsic crust. The combined effect of
exhumation mechanisms (isostatic flow and diapir) triggers a rapid acceleration in rock
uplift rates that could further enhance surface erosion and establish positive feedback.
Our erosion-driven exhumation model demonstrates the active role of surface erosion in

driving tectonic evolution of the EHS.

The final chapter of the dissertation summarizes the key findings of this
dissertation and expands on their implications for the evolution of the Sierra Nevada and
Gangdese Batholith. A conceptual model is presented to illustrate mass and heat transfer
processes in magmatic orogens along the vertical dimension, starting with magma genesis
at the upper mantle, transitioning into magma ascent and interactions with a tectonically

deforming crust, and ending with the coupling between surface and solid Earth processes.
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ABSTRACT

Episodic magmatic flare-ups are documented in many continental arcs worldwide.
Yet, the causes of such episodicity and the sources feeding the flare-ups are not well-
understood. In this study, we use a 1D numerical model and scaling analysis to assess the
mass balance and thermodynamic feasibility of generating arc magma as a result of
partial melting of underthrusted retro-arc lower crust. Results show the magma
volumetric flux or magmatic thickening rate, is directly correlated with the crustal
underthrusting rate and the relative timescales of heat transfer and underthrusting. For a
continental arc with dimensions similar to the Sierra Nevada arc in California, we show
with a constant underthrusting rate of 5 km/Myr, the magmatic thickening rate is 0.1-0.3
km/Myr. This is slightly below the baseline of arc magma thickening rate (~0.3 km/Myr)
from the mantle wedge and accounts for 10-30% of the magmatic thickening rate during
a flare-up. The cumulative volume of magma generated from the partial melting of a 20-
km-thick underthrusted lower crust is on the order of 10° km?, about 10-40% of the
estimated magma volume generated during a flare-up. Therefore, we argue partial
melting of underthrusted lower crust plays a subsidiary role in driving a magmatic flare-
up event. Additional melts from the mantle and/or other crustal sources are needed to
achieve the observed magmatic output during flare-ups. The arc root developed by partial
melting of the underthrusted crust reduces the time needed to obtain the critical thickness

for root foundering, thus influencing the tempo of arc magmatism.
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INTRODUCTION

Continental arc magmatism is an important process for the formation of
continental crust and most ore deposits (e.g., Rudnick, 1995; Stern 2002; Condie, 2013).
Continental arcs also play a critical role in Earth’s long-term carbon cycle through
volcanic and metamorphic degassing and chemical weathering (e.g., Lee et al., 2012;
McKenzie, 2017; Cao et al., 2017; Chu et al., 2019). There is growing field and
geochemical evidence suggesting that magmatism is episodic and non-steady state in
continental arcs worldwide (Figure 2.1; e.g., Armstrong & Clark, 1988; Ducea 2001;
Haschke et al., 2006; Ducea & Barton, 2007; Gehrels et al., 2009; DeCelles et al., 2009,
2014; Paterson & Ducea, 2015; Kirsch et al., 2016; Zhu et al., 2016; Zhang et al., 2019;

Ardill et al., 2018).

Compilations of U/Pb zircon geochronology from igneous rocks and arc-derived
sediments show age peaks and troughs defining magmatic ‘flare-ups’ and ‘lulls’,
respectively, on the timescales of tens of millions of years (e.g., Paterson and Ducea,
2015). Typically, these flare-ups or high magma flux events last ~30 Myr and are
separated by magmatic lulls spanning 20-50 Myr (e.g., Kirsch et al., 2016). Magma
generation rates during the lulls in a continental arc are comparable to the rate of mantle-
derived primitive magma generation in island arcs (DeCelles et al., 2009), representing a
baseline for the magma contribution from the mantle wedge. The Armstrong Unit (AU) is
used to quantify the baseline magma generation rate, with 1 AU = 30 km3/Myr per
kilometer length of arc (Reymer & Schubert, 1984). During a flare-up, the magma
generation rate reaches 3-4 AU in the upper-middle crust (DeCelles et al., 2009). The

Armstrong unit can be converted to a volumetric flux (km3/km?/Myr or km/Myr) if the
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arc width is known. Given a characteristic arc width of 100 km, the baseline 1 AU is ~0.3
km®3/km?/Myr. For flare-ups in continental magmatic arcs, an estimated volumetric flux
of ~1 km3*/km?/Myr (~3-4 AU equivalent) is proposed for the main arc and > 0.6
km3/km?/Myr (>2 AU equivalent) for a broader region from the forearc to the retro-arc
(Ratschbacher et al., 2019). This volumetric flux is also referred to as the magmatic
thickening rate (km/Myr), representing the magmatic contribution to the vertical growth
of arc crust (Jicha & Jagoutz, 2015; Lee et al., 2015a; Cao & Paterson, 2016; Jiang &

Lee, 2017).

Previous models explaining non-steady-state magmatism focus on: (1) the
convergence rate between the subducting and overriding plates regulating magma
production (e.g., Pilger 1984); (2) slab dynamics, including the opening of slab windows
and changes in the subduction angle (Zhang et al., 2010); (3) delamination of an eclogitic
arc root (e.g., Kay & Kay, 1993; Lee and Anderson, 2015); (4) temporal filtering of
mantle-lithosphere interactions where the crust modulates mantle input (de Silva et al.,
2015); (5) relamination of material off of the subducting plate and emplacement at the
base of the arc crust (e.g., Hacker et al., 2011; Chapman et al., 2013; Ducea & Chapman,
2018); (6) incorporation of forearc sediments into the active arc (Pearson et al., 2017;
Sauer et al., 2017; Sauer et al., 2018); (7) arc migration into the fertile retro-arc region
(Chapman & Ducea, 2019); and (8) feedback among linked tectonic processes (e.g.,

Ducea, 2001; Ducea & Barton 2007; DeCelles et al., 2009).

For North and South America Cordilleran arcs, the temporal correlation between
magmatism and plate convergence rate is weak (e.g., Ducea, 2001; Kirsch et al., 2016).

Whole rock Nd isotope data show a correlation with magmatism. There is a decrease in
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end towards more evolved compositions during flare-ups in comparison to increases in
end during magmatic lulls (e.g., Ducea, 2001). The negative eng €xcursion is interpreted
to signify ~50% contribution from crustal materials to a magmatic flare-up (Ducea, 2001;
Ducea & Barton, 2007). Many studies thus hypothesize that magmatism is driven by the
repeated incorporation of underthrusted retro-arc crustal materials beneath the arc,
boosting melt generation (e.g., Ducea, 2001; DeCelles et al., 2009; DeCelles & Graham,

2015).

However, the thermodynamic feasibility of arc magma generation through partial
melting of continental lower crust has not been tested. Quantitative evaluation of such a
process requires the inclusion of latent heat associated with melting, the temperature
dependency of thermal diffusivity and heat capacity, as well as kinematic conditions such
as the underthrusting rate of the retro-arc crust. In this study, we use numerical modeling
and scaling analysis to address the following questions: (1) What controls the total
volume and rate of magma generation during partial melting of underthrusted crust? (2)
Is partial melting of underthrusted crust capable of generating enough arc magma in a
relatively short period (~30 Myr) to form a magmatic flare-up? (3) How do the arc root
and melts from the mantle interact with the underthrusting crust and contribute to the

magmatic flare-up?
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METHODS

Initial, boundary conditions and governing equation

To investigate arc magma generation during underthrusting, we simulate the 1D
thermal evolution of the underthrusting crust in a numerical model. The vertical
temperature profile of the crustal column is coupled with lateral motion, approximating a
2D cross section of the underthrusting crust. To focus on underthrusting, the model does
not include arc root foundering or melting of the mantle. We recognize the importance of

these processes and address them in the discussion.

The model consists of a 20-km-thick retro-arc lower crustal slab that is
underthrusting into the sub-arc mantle (Figure 2.2). We use a half-space heating model
in which the initial temperature of the underthrusting crustal slab is 600°C everywhere,
except for the basal boundary where a constant mantle temperature of 1100°C is
enforced. The mantle temperature used in our model is based on the thermal profile of the
modern Chilean Andes where the average thermal gradient of the shallow sub-arc mantle
below the Moho is ~25°C/km, and the Moho temperature is ~600°C (Syracuse et al.,
2010). Implementing this thermal profile into our model, we get 1100°C for the
temperature at the base of the underthrusted crust which is 20 km below the 600°C Moho
(600°C + 25°C/km x 20 km = 1100°C). For the purpose of investigating first-order
thermal effects, we take a simple approach that does not include the geothermal gradient
in the underthrusting crust nor cooling of the mantle due to the thickening of the arc crust
(Chin et al., 2015). The simulated results thus represent the upper bound of melt

generation and the maximum productivity of arc magma. The governing heat equation is:
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k(T) is the temperature-dependent diffusivity, and T for latent heat (e.g.,
P

Bergantz, 1989; Lee et al., 2015b), where L is the total latent heat of fusion absorbed
between the solidus and the liquidus of the lower crust, C,,(T) is temperature-dependent
heat capacity, and F is melt fraction. The temperature-melt fraction relationship (0F /9T)
is constrained using a MELTS-modeled phase change for a lower crust composition (see
Section 2.3). Parameters used in the model are listed in Table 1. Equation (1) can be

rearranged to:

aT
ot

9] oT 2
2o 2 @

where k' (T) is the equivalent diffusivity taking latent heat into account (e.g., Lee et al.,
2015b):
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It is noted that k' (T) < x(T) since the denominator in Eq. (3) is larger than 1. Implicit
Finite Difference Method and Picard iteration are used to solve the non-linear heat
equation (Eg. 2). The MATLAB script used for the numerical model is included in the

supporting information.
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Effects of temperature-dependent diffusivity and latent heat

Studies have shown that rock thermal diffusivity decreases rapidly with increasing
temperature (Vosteen & Schellschmidt, 2003; Mottaghy et al., 2008). Whittington et al.
(2009) shows that the thermal diffusivity of crustal rocks near and above Moho
temperatures is about 0.5 x 10~ m?s™, which is approximately half its value at
temperatures on Earth’s surface. The temperature dependence of diffusivity effectively
slows conductive heat transfer within the underthrusting crust, thus reducing the rate of

partial melting.

The effects of the temperature dependence of thermal diffusivity and latent heat
are illustrated in Figure 2.3. In the half-space heating model, a column of initially
isothermal 600°C crust is exposed at one end to mantle temperatures of 1100°C. By
tracking the propagation of the 900°C isotherm, heating of the rock column is inhibited
when the temperature dependency of thermal diffusivity or the effect of latent heat is
applied. The combined effects of temperature dependent thermal diffusivity and latent
heat drastically slows down the rate of thermal conduction by a factor of ~3 for the given

scenario.

Partial melting of lower crust and formation of arc root

To obtain the temperature-melt fraction relationship needed for the calculation of
latent heat, we use the MELTS thermodynamic algorithm (Ghiorso & Sack, 1995) to
constrain the temperature-melt fraction relationship (F /0T) during partial melting. For
our generalized model of continental arc systems, we adopt the temperature-melt fraction

relationship using the global average lower crust composition (Rudnick & Gao, 2003).
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The MELTS calculations were performed at 1.5 GPa (lithostatic pressure at ~55 km
depth using crustal density of 2800 kg/m?®) and a temperature range of 600°C to 1300°C
to mimic the conditions at which the underthrusting crust undergoes partial melting.

Detailed MELTS setup and parameters are presented in the supporting information.

The global average lower crust used in the model is of mafic composition with a
silica content of 52 wt. %. To investigate the effects of water during partial melting of the
underthrusting lower crust, our experiments were performed assuming a range (1, 1.5 and
2 wt. %) of H20. The bulk source rock composition is listed in the MELTS setup file in
the supporting information. Residual phase diagram and melt silica content for 1, 1.5 and

2 wt. % of H.O is presented in Figure 2.4.

Ducea (2002) argues that the Sierra Nevada granitoids (arc magma) and the
pyroxenite xenoliths (arc root) are complementary melts and residues, respectively,
resulting from partial melting of mafic, amphibolitic lower continental crust, with 0.1-0.5
melt fractions. Segregation of partial melt in the lower crust begins at the melt
connectivity transition (MCT), where isolated melt pockets coalesce to form an
interconnected melt network along the grain boundaries, enabling melt permeability at
the source region and allowing melt to migration (e.g., Sawyer 1994, Rosenberg &
Handy, 2005). We assume partial melting of the lower crust continues until melt of
intermediate composition is extracted, and dense restitic minerals (mostly garnet and
pyroxenite) are left over. We define a critical melt fraction (Ferit) as the degree of partial
melting of underthrusted lower crust required to generate melt of intermediate

composition.
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The value of critical melt fraction is set to Ferit = 0.25 because of the following
reasons. First, at Fcrit = 0.25, for all three choices of different water contents, the restite
consists of mostly garnet and pyroxene, an eclogitic assemblage (Figure 2.4). This is
similar to the characteristic mineralogy of the Sierra Nevada arc root (Ducea & Saleeby,
1996; Ducea et al., 2002). The melt produced at Fcrit = 0.25 is also granitic with a silica
content of 65-70 wt. %. Second, after testing different Fcrit values ranging from 0.1 to 0.5,
we found Ferit of 0.25 provides the maximum amount of melt produced in 50 Myr
timescales because a higher Fcrit corresponds to a higher temperature (Tcrit, defined in the
following paragraph) that makes melting more difficult (see Supporting Information,
Figure 2.S1). Third, the 0.25 melt fraction is also similar to that estimated in Betic
Cordilleran orogen in southern Spain, based on Mn growth zoning in peritectic garnets
(0.3 melt fraction; Yu & Lee, 2016). In our 1D model, Ferit also equals the thickness ratio
of total partial melt generated to the underthrusted lower crust. An eclogitic arc root
forms after extraction of intermediate melt (Ducea, 2002). With Frit= 0.25, the thickness
of the arc root resulting from partial melting is three times the thickness of the extracted
melt. This arc root could exist throughout an arc’s evolution, but it may also founder into
the mantle due to gravitational instability (e.g., Arndt & Goldstein, 1989; Lee, 2014). The
eclogitic root undergoes no further melting because of the high solidus (>1300°C) for

eclogitic compositions (Mallik & Dasgupta, 2012).

Finally, we define a critical temperature (Tcrit) corresponding to Ferit= 0.25
(Figure 2.5). Increased water content lowers the solidus as well as Tcrit, making partial
melting more rapid. When the lower crust contains 1.5 and 2 wt. % H-O, the Terit is

lowered by 72 and 108 °C, respectively, compared to the 1 wt. % H>0 case (Figure 2.5).
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Models of the underthrusting rate

Underthrusting of the retro-arc lower crust is initiated at the start of the simulation
and terminated when the lower crust intercepts the cold mantle lithospheric wedge
beneath the forearc region (Figure 2.2). Based on geological estimates of total retro-arc
crustal shortening (e.g., Sevier thrust belts and hinterland shortening) associated with the
Cretaceous Sierra Nevada arc, the average upper crust shortening rate is ~5 km/Myr and
is more or less constant from ~120-80 Ma (DeCelles, 2004; Yonkee & Weil, 2015). If the
lower crust experienced the same amount of shortening, the average underthrusting rate

of the lower crust would also be ~5 km/Myr.

Magmatic thickening rate and volume of arc magma

Melt volume is calculated via the product of underthrusting distance x(t), the
thickness of the 1D crustal column undergoing partial melting and melt extraction z(t),
the along strike arc length (1), and the critical melt fraction (Fcrit) (EQ. 4). z(¢t) is
determined based on the result of the 1D half-space heating model where the temperature
exceeds a critical temperature (Tcrit) (Figure 2.5). We then apply z(t) laterally across the

entire underthrusted crust to obtain the estimated magma volume (Eq. 4):
V() = A1 Ferie = x() - 2(0) - L+ Fepie (4)

Where A is the melt area in the 2D profile. Since v(t) is underthrusting rate (Eg. 5), we

have

x(t) = J tv(t)dt ®)
0
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We assume the arc magma generated through partial melting is uniformly
distributed along the width of the arc. To calculate the magmatic thickening rate M(t), we

take the time derivative of Eq. 4 and divide it by the 2D surface area of the arc (w - 1)
(Eq. 6):

dv

Since we do not solve thermal diffusion in 2D, the melt area is slightly

overestimated. The actual area of melt can be constrained between the upper limit of x -
z (the value we used in the model) and the lower limit of g x + z. The lower limit is

calculated via integrating the area of melt assuming only 1D vertical thermal diffusion
(see Supporting Information, Figure 2.S2). In this sense, our simplified method
overestimates the melt volume by no more than ~30%. This approach works together
with other assumptions in our model (e.g. constant mantle temperature) yielding the

upper limit of magma generation during the underthrusting process.

Model limitations

Our numerical model provides first-order estimates on the total magma volume
and magmatic thickening rate associated with the underthrusting process. While we
focused on the process of retro-arc underthrusting, the results from our generic model is
applicable to fore-arc underthrusting as well. However, this model is simplified, and there
are several limitations. (1) Our approach does not account for the refrigerating effect on
the mantle (Chin et al., 2015) due to the magmatic and tectonic thickening of arc crust

(Karlstrom et al., 2014: Lee et al., 2015a; Cao et al., 2016b) and underthrusting of a
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relatively colder crust. The refrigerating effect could gradually lower the temperature of
the mantle, hamper heating of the underthrusting crust. (2) We assume all melts are added
to the arc crust as soon as they are generated. There is no lag time associated with melt
transport, and the physical processes of magma ascent and emplacement (e.g., Cao et al.,
2016a; Rummel et al., 2020) are not considered. (3) Magma advection as dikes or diapirs
are not included. Advection could promote heat transfer by increasing the equivalent
thermal diffusivity (e.g., England et al., 2007; Jaupart & Mareschal, 2010); therefore, it
may boost the rate of heat transfer within the underthrusted crust. In section 4.2 of the
discussion, we parameterized thermal advection in a simple, semi-quantitative manner.
More advanced modeling on the actual physical processes of magma advection is needed
in future studies. (4) We do not include any spatial or temporal focusing processes which
could boost the local magmatic thickening rate. For example, the center of the arc front
may receive a higher melt flux via arc axial focusing relative to the peripheral arc region
(Ardill et al., 2018). (5) Our model does not include the dynamics of arc root foundering,
mantle flow upwellings, and subsequent partial melting of the lower crust. Some of the
above aspects may have competing effects on melt generation and would require more

comprehensive 2D/3D modeling.

RESULTS

We present two results of numerical simulations with different water contents. In
Figure 2.6 the water content of the underthrusted crust is set to 1 wt. %, while Figure 2.7
corresponds to a water content of 2 wt. % to demonstrate the effect of water on the melt

generation rate. For each simulation, we tested three models of underthrusting rate. The
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reference model (Model A) has a constant rate of 5 km/Myr representing the most likely
case for a typical continental arc such as the Cretaceous Sierra Nevada arc (e.g., Yonkee
& Weil, 2015). Model B has a linearly increasing and decreasing rate which steadily
increases to 10 km/Myr during the first half of underthrusting, then decreases to 0 during
the second half. Model C has a linear decreasing rate where v = 10 km/Myr at the start
and decreases to 0 at the end. The purpose of the time-dependent rates in Model B and C
is to investigate how underthrusting rate influences the magmatic thickening rate. These
models (Model B and C) do not reflect the geological constraints on the underthrusting
rate. For each case, the average underthrusting rate is 5 km/Myr. To facilitate discussion,
we defined two characteristic times. The characteristic time of underthrusting
(Tundertnrust) 1S the timescale of active underthrusting (the ratio between the given arc
width, 125km, and average underthrusting rate). T, gerctnruse 1S 25 Myr in all models. We
also defined the characteristic time of heat transfer (T;yermaq: ) @S the time needed to

complete the partial melting of the underthrusted crust along its vertical dimension.

Case 1 with 1 wt. % water

The results of case 1 containing 1 wt. % water can be categorized into 3 stages.

Below we summarize the results for each stage.

Stage I: Active underthrusting with vertical growth of the partial melt layer (t <
Tunderthrust)- 1Ne lower crust begins underthrusting from the retro-arc direction, and
partial melting occurs. During this stage melt generation is sustained by both lateral

underthrusting of the lower crust and vertical growth of the partial melt layer. Stage |
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ends when the entire sub-arc mantle is occupied by the crustal slab, and it intercepts the

mantle wedge beneath the forearc (Figure 2.2).

Models of different underthrusting rates (Figure 2.6B) result in slightly different
underthrusting distances during this stage, though the final underthrusting distance of
125km is the same for all cases (Figure 2.6C). The cumulative melt thickness increases
as the isotherm Trit vertically propagates upward through the crustal column (Figure
2.6D, pink curve). The thickness scales with ~t? during this stage because the melt
thickness is controlled by thermal diffusion and is independent of the underthrusting rate.
Cumulative melt thickness and melt volume also increases with time (Figure 2.6E). At

the end of Stage I, melt volume reaches 2x10° km®.

The magmatic thickening rate is sensitive to the underthrusting rate (Figure
2.6F). For the reference Model A with the constant 5 km/Myr underthrusting rate, the
magmatic thickening rate slowly climbs to a maximum of ~0.15 km/Myr when
underthrusting ends. For Model B with linearly increasing and decreasing rates, the
magmatic thickening rate mimics the temporal pattern of the underthrusting rate. The
maximum thickening rate of ~0.2 km/Myr is achieved in the middle of the stage when the
underthrusting rate reaches a peak of 10 km/Myr. For Model C with a linear decreasing
rate, the maximum thickening rate of ~0.1 km/Myr occurs within the first half of Stage I,

before 10 Myr.

Stage I1: Vertical growth of the partial melt layer after underthrusting terminates
at 25 Myr (Tynderthrust <t < Ttnermar)- Partial melting is sustained by the upward

propagation of the isotherm Tcrit. Even without additional underthrusting lower crust, the
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cumulative melt area and volume still increase during stage Il but at a slower rate than
Stage | (Figure 2.6E). This behavior is also reflected in the magmatic thickening rate,
which decreases to ~0.05 km/Myr (Figure 2.6F). Stage Il ends when the entire vertical
column of the underthrusted slab has undergone partial melting. In other words, the end
of stage Il is marked by the Terit isotherm reaching the top of the 20 km-thick
underthrusted slab (t = Tinermat)- Tehermar 1S 117 Myr in the Case 1 simulation and Stage
Il lasts 92 Myr (117 - 25 = 92 Myr). Once stage Il is complete, no additional melt can be
produced because the entire slab has undergone partial melting. At the end of Stage I,
the maximum melt volume has reached 3.75x10° km?, and the arc root is completely

formed.

Stage I11: Cessation of partial melting in the underthrusted crust (t > T¢nermat)-

One complete underthrusting-partial melting process in Case 1 takes 117 Myr which

equals Tthermal-

Case 2 with 2 wt. % water

Similar to Case 1, we defined the same 3 stages in Case 2, with the increased
water content (2 wt. % H20). In this case, partial melting along the vertical dimension of
the underthrusted crust is completed shortly after lateral underthrusting terminates.
Therefore, the duration of Stage 11 (3 Myr) is much shorter in Case 2 (3 Myr compared to

92 Myr in Case 1).

Stage I: Active underthrusting with vertical growth of the partial melt layer (t <
Tunderthrust)- compared to Case 1, the magmatic thickening rate is higher in Case 2. The

three models achieve different maximum rates at different times: 1) magmatic thickening
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rate of ~0.3 km/Myr at the end of Stage | in Model A; 2) ~0.35 km/Myr at 12.5 Myr
when the peak underthrusting rate of 10 km/Myr is reached in Model B; and 3) ~0.25
km/Myr around 10 Myr in Model C. Stage | ends when the entire sub-arc mantle is
occupied by the crustal slab, and it intercepts the mantle wedge beneath the forearc

(Figure 2.2).

Stage I1: Vertical growth of the partial melt layer after underthrusting terminates
at 25 Myr (Tynderthrust <t < Tenermar)- DUring this stage, partial melting is sustained by
the upward propagation of the isotherm Tecrit. Without the underthrusting of the lower
crust, we observe a decrease in magmatic thickening rate to ~0.1 km/Myr (Figure 2.7F),
roughly twice the value shown in Case 1. Since the characteristic time of heat transfer
within the underthrusted crust (T permar) 1S 28 Myr, Stage 11 in this case only lasts for 3
Myr (28 — 25 = 3 Myr). No additional melt can be produced after the end of stage 11
because the entire underthrusted crust has undergone partial melting. At this point the
maximum melt volume of 3.75x10° km? is reached for an assumed continental arc whose
width w = 125 km and length | = 600 km (Figure 2.7E) and the formation of the arc root

for the entire underthrusted crust is complete.

Stage I11: Cessation of partial melting in the underthrusted crust (t > T¢nermat)-

The complete underthrusting—partial melting process in Case 2 takes 28 Myr which

equals Tthermal-
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DISCUSSION

Scaling Analysis: steady-state model

A simple, idealized steady-state model is presented to illustrate the scaling
relationships among the parameters controlling arc magma generation as a result of
partial melting (Figure 2.8). This scaling model does not include the effects of latent
heat nor water in the lower crust, and thermal diffusivity is treated as a constant (x). At
steady-state, the lower crust is underthrusted into the sub-arc mantle at a constant rate v,
and arc root is readily removed. Using the characteristic thickness of the conductive
thermal boundary (vxt,) and a critical fraction (Ferit), we obtain a melt thickness of (Eq.

7):
Z = Fcn’t\/E (7)

In this scaling analysis, the characteristic time of underthrusting, zunderthrust, iS given by the

quotient of arc width w and underthrusting rate v (Eq. 8):

d (8)

Tunderthrust =
undertnrus v

The magmatic thickening rate M of the lower crust during steady-state conditions can be

obtained by taking the time derivative of z (Eq. 7) and replacing t with zunderthrust (EQ. 9):

dz 1 KV 9)
M:E:E'Fcrl’t W

Finally, the total volume of arc magma generated within the characteristic time of
underthrusting can be calculated by the product of the arc width w, the along strike arc

length I, and the melt thickness (z) at time zunderthrust (EQ. 10):
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KW (10)
V=w-lz=w-l F,yu -

Figure 2.8 illustrates the magmatic thickening rate and the total magma volume
as a function of the underthrusting rate, the thermal diffusivity, and the arc width using
Ferit = 0.25. At steady-state, the magmatic thickening rate is positively correlated with the
underthrusting rate and thermal diffusivity (Figure 2.8A) and inversely correlated with
arc width (Figure 2.8B). In comparison, cumulative melt volume is largely a function of
arc width. A larger arc width enables more material to be underthrusted, resulting in
greater cumulative melt volume.

The magmatic thickening rate only weakly depends on the arc width within a reasonable

range of widths (100 -150 km) (Figure 2.8B).

The upper bound estimates of magmatic thickening rate and cumulative melt
volume correspond to an unlikely scenario of Ferit = 1, in which the underthrusted lower
crust is completely melted and all materials are added to the arc crust. Using values
representative of the Sierra Nevada arc where | = 600 km, w = 125 km, andv =5
km/Myr, the magmatic thickening rate is 0.6 km/Myr or ~2 AU equivalent. Also, for the
Ferit = 1 case, one complete underthrusting event yields a cumulative melt volume of
1.5%10° km?3. This melt volume is 67% of the original arc crust (125 km width x 600 km
length x 30 km depth). The 0.6 km/Myr thickening rate and magma volume of 1.5x10°
km?3 are close to the lower end of the estimated values of the Cretaceous flare-up event in
the entire Sierra Nevada (M = ~0.6-1 km/Myr and V = ~1-3x10° km®) (e.g., Cao &
Paterson, 2016; Ratschbacher et al., 2019). However, only a portion of the crust

undergoes partial melting; the rest becomes residue. In the case of Ferit = 0.25 (Figure
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2.8), the magmatic thickening rate and cumulative melt volume will be reduced by a
factor of 4, resulting in M = 0.15 km/Myr or 0.5 AU equivalent and V = 3.7 x 10° km®.
Volumetrically, it is less than 20% of the original arc crust. This simple scaling analysis
shows that the volume of magma generated by partial melting of the crust and the
magmatic thickening rate cannot suffice flare-up events. Magma from additional sources

is required to reach the estimated magma thickening rate and volume.

Effects of water and heat advection

Higher water content in the underthrusted crust lowers the solidus as well as the
Terit OF the crust, increasing the rate of partial melting (Figure 2.5). For the top row in
Figure 2.9 (Al, A2, and A3) where the water content increases from left to right, these is
an increase in peak magmatic thickening rate corresponding to higher water content. The
higher water content also reduces the T,,.-mai, €Nabling faster partial melting along the
vertical dimension of the underthrusted crust. However, the magmatic thickening rate in
the highest water content case is still much lower than the estimated thickening rate
during a flare-up. For the reference model A (blue curves in A2 and A3 of Figure 2.9),
the addition of water only boosts the peak magmatic thickening rate to ~0.3 km/Myr. In
terms of magma volume, the total amount of melt produced from partial melting of the
underthrusted crust remains unchanged because it is capped by the size of the
underthrusted crust and the given critical melt fraction. Since T;,erma; COrresponding to
the 1 wt. % water case is ~117 Myr, only a portion of the total magma volume is released

in timescales of ~30 Myr, typical for an arc flare-up (Figure 2.6). Whereas for 1.5 and 2
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wt. % water, T;permar 1S Much shorter (30 and 28 Myr, respectively, Figure 2.9); thus,

the maximum magma volume is reached much faster with increased water content.

Advective heat transfer (e.g., diking) from mantle basalts intruding into the lower
crust could heat the crust in addition to thermal conduction. The intruding basalts will
thus in turn play an important role in increasing the magma production rate. Magma
advection via diking are difficult phenomena to implement even in advanced 2D or 3D
models because the processes depends on many complex, dynamic processes and
parameters such as rock rheology, melt transport, phase transition, and dike formation
mechanisms (e.g., Liang & Parmentier, 2010; Cao et al., 2016; Rummel et al., 2020).
While others have quantitively assessed the process of advective magma transport and the
thermal impact of mantle melt on the lithosphere using sophisticated, two-phase flow
dynamics (Keller et al., 2013; Rees Jones et al., 2018). We acknowledge that our simple
thermal-kinematic model is incapable of simulating the actual processes of magma
advection. Instead, we adopted an ‘amplification factor of thermal diffusivity’ to quantify

the thermal effect of advection in addition to conduction.

In addition to the original temperature dependent thermal diffusivity with latent
heat included, we tested 5x and 10x amplification factors of thermal diffusivity in our
models (Figure 2.9). The 5x and 10x factors are based on the following argument.
Karakas & Dufek (2015) used stochastic modeling of repetitive basaltic magma
emplacement from the mantle into the lower crust as dikes and sills. Their simulation

results show a temperature perturbation with a vertical length scale of ~20 km emerging
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within 1-2 Myr. Using the characteristic timescale of thermal diffusion, we can infer an

equivalent thermal diffusivity (i) using Eg. (11).

x? (11)

where t is time, and x is length of the crustal temperature perturbation in this case. The
resulting k., = 1073 m?/sift =1 Myrand x = 20 km. If t = 2 Myr, Keg = 5% 107°
m?/s. These values are 10 and 5 times the reference thermal diffusivity (x = 1076 m?/s),

respectively.

The effect of such parameterized thermal advection is illustrated in Figure 2.9. As
expected, the magmatic thickening rate is increased due to a faster vertical thermal
propagation rate, reducing the time needed to heat the underthrusted crust for partial
melting. Since T;perma; 1S iNVersely correlated with thermal diffusivity, as the
amplification factor of thermal diffusivity increases, T;xerma; D€COMeS shorter. However,
even with water added to the system (2 wt. %) and a 10x amplification factor (C3 in
Figure 2.9), the magmatic thickening rate is still below 0.3 km/Myr for the constant
underthrusting case (blue curve, the mostly likely underthrusting velocity profile). This
value is too low to qualify as an arc flare-up. In some cases (e.g., B3, C2 in Figure 2.9),
brief pulses of magmatic thickening rates exceeding 0.4 km/Myr appear in the early stage
(~5 Myr) of the simulation. These pulses are due to the initial rapid melt generation of the
underthrusted crust as it enters the sub-arc mantle in high x., (or high amplification
factor) and water-rich cases. The magmatic thickening rates then return to lower values

sustained by the lateral underthrusting.
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Controls on the magma volume and magmatic thickening rate

The total cumulative volume of arc magma generated through partial melting of
underthrusted crust is limited by the thickness of the underthrusted crust for a given
critical melt fraction (Fcrit). Results of the numerical simulation suggest that for a
continental arc analogous to the Sierra Nevada arc, in pure conduction and 1 wt.% water
case, one underthrusting event produces a cumulative melt volume of 3.75x10° km?, and
45% of this volume is generated by the end of Stage | (Figure 2.6E). This equates to
roughly 2.3 km of magmatic thickening in the overriding crust within 25 Myr. The crust
would thicken an additional 2.7 km during stage 1, from 25 to 117 Myr. In simulations
having higher water content or higher diffusivity amplification factor (or higher k), the
maximum melt volume is generated within 30 Myr (Figure 2.9). The maximum melt
volume estimate from numerical simulation (3.75x10° kmq) is similar to the scaling
analysis result (3.7x10° km®), both of which are much lower than the estimated magma
volume (~1 - 3x10° km?) during the Late Cretaceous Sierra Nevada flare-up (Cao &
Paterson, 2016; Ratschbacher et al., 2019). The total volume of magma generated through

partial melting is 13 - 40% the estimated volume for a flare-up event.

Whether partial melting of the underthrusted lower crust is completed before or
after underthrusting stops depends on the ratio between T;jermar @Nd Tynderthruse, N a

similar form to the Péclet number (Pe):

Tthermal (12)

Tunderthrust

Pe =
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When Pe > 1, underthrusting is finished before the underthrusted crust undergoes
complete partial melting for its entire thickness. The magmatic thickening rate is thus
limited by the rate of vertical heat transfer, which is slower than the underthrusting rate
(A1, A2 in Figure 2.9). When Pe = ~1, underthrusting is finished almost at the same
time when the underthrusted crust goes through partial melting (A3, B1 in Figure 2.9).
When Pe < 1, vertical heat transfer rate outpaces the underthrusting rate and the
underthrusted crust experiences complete partial melting before underthrusting is
finished. In this case, the magmatic thickening rate is limited by the lateral underthrusting
process (e.g., B2, C1 in Figure 2.9). This effect can be seen where the magmatic
thickening rate simply mimics the underthrusting rate in the later stage of the evolution.
When Pe « 1, the magmatic thickening rate is essentially controlled by the

underthrusting rate (e.g., B3, C2, C3 in Figure 2.9).

Results of both the scaling analysis and the numerical modeling demonstrate that
the magmatic thickening rate strongly depends on the underthrusting rate (Figure 2.6,
2.7, and 2.9). This dependency is more apparent for the cases where Pe « 1. Such
dependence of magmatic thickening rate on the underthrusting rate suggests that the
observed bell-shaped magmatic flare-up signals defined by zircon age peaks (e.g.
Paterson & Ducea, 2016) may necessitate a similar bell-shaped underthrusting rate
through time (similar to the underthrusting rate in Model B). However, current estimates
on how the underthrusting rate has changed with time does not support a bell-shaped
profile of underthrusting rate with time. For example, the retro-arc shortening rate is
fairly constant as we show in our reference model (Model A) (e.g., Yonkee & Weil,

2015). Thus, magma solely generated via underthrusting cannot produce the observed
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temporal pattern of a flare-up. Furthermore, the magmatic thickening rate (0.1-0.3
km/Myr) predicted in both the numerical reference model (Model A, blue curves in
Figure 2.9) and the scaling analysis is significantly lower than observed values (0.6-1
km/Myr) during flare-ups in many Cordilleran arcs (e.g., Cao & Paterson, 2016; Jiang &
Lee, 2017; Ratschbacher et al., 2019). The model predicted values are slightly below or
similar to the baseline of arc magma thickening rate (~0.3 km/Myr) from the mantle

wedge (Reymer & Schubert, 1984; DeCelles et al., 2009).

Mantle-derived magma and arc root foundering

Our modeling results suggest that partial melting of the underthrusted crust alone
does not generate the volume nor thickening rates needed to produce a magmatic flare-
up. Thus, magmatic contributions from other sources are be needed. Crustal melt
generated from processes other than partial melting of the underthrusted crust (e.g., burial
of forearc sediments and relamination) could play a role but their magmatic contribution
is not well-quantified. Melt from in situ crustal melting could intensify the magmatism,
but such melt does not contribute to the net growth of the arc crust. The other important
source of arc magma is from the mantle (e.g., Bouiol et al., 2015; Schwartz el al., 2017;
Ardila et al., 2019; Attia et al., 2020). For example, a recent zircon Hf isotopes study of
the central Sierra Nevada (Attia et al., 2020) and studies on geochemistry and/or Sr, Nd,
and Pb isotopes in the North and South Cordilleran arc (Martinez Ardila et al., 2019) and
Fiordland arc (Schwartz el al., 2017) all reveal primitive compositions, proposing a
mantle source fueled magmatic flare-up events. In the “Cordilleran cycle” model

(DeCelles et al., 2009), foundering of the arc root triggers asthenospheric upwelling,
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resulting in rapid decompression melting (e.g., Kay & Kay, 1992) of the mantle and

causing a magmatic pulse that is above the mantle flux baseline (Lee & Anderson, 2015).

In order to highlight the role of mantle melt and how foundering of the arc root
regulates the magmatic tempo, we constructed a simple numerical model to illustrate the
cycle of lower crustal underthrusting, arc root buildup, foundering, and renewed
underthrusting (Figure 2.10). The model begins assuming that the arc root had just
foundered, and the asthenospheric mantle begins to upwell. We use a mantle-derived arc
magma generation rate of 1 km/Myr, a 300% increase compared to the baseline (~0.3
km/Myr, 1 AU), to represent the increase of arc magma generation associated with the
upwelling; the 300% increase is an arbitrary choice to demonstrate the increased magma
produced by adiabatic decompression of the asthenosphere. We let the mantle-derived
magma decrease with time mainly due to (1) pinching out of the sub-arc mantle by
renewed crustal underthrusting and arc root formation (Chin et al., 2015); and (2)
dissipation of upwellings after foundering of the arc root. The arc root in the model is the
sum of the root generated via partial melting of the underthrusted crust (e.g., Ducea,
2001; 2002) and the root due to the differentiation of mantle-derived magmas (Lee et al.,
2006; Lee & Anderson, 2015; Ming et al., 2019). We refer to the former root as crustal
arc root and the latter as the mantle arc root. The model presented here is based on the
geometry shown in Figure 2.2 and has the same initial and boundary conditions as Case
2 of the numerical model: constant 5km/Myr underthrusting rate, 2 wt. % water content,
and pure conduction with no amplification of thermal diffusivity. The model setup is

presented in the supporting information.
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Figure 2.10 shows that with the combined crustal root generated from partial
melting of the underthrusted crust and the formation of the mantle root, the critical
thickness of root is reached every 36 Myr (green curve in Panel C). If there is no
underthrusting of the lower crust and formation of the crustal root but only mantle root,
the same critical thickness is reached every 69 Myr (dotted purple curve in Panel C),
roughly twice longer than the former case. Such a difference affects the recurring time of
root foundering and potential arc flare-up. It is noted for the simple model presented here,
we do not include any additional crustal partial melt and the mechanical process
associated with root foundering is ignored. Therefore, the model is incapable of resolving
the ratio of crustal versus mantle melts nor the exact timing of root foundering. Chin et al.
(2015) and Cao et al., (2016b) suggested that the increasing thickness of the arc upper
plate due to magmatic and tectonic thickening also causes a self-limiting effect on arc
magmatism and controls the arc magmatism tempo. Here, we use a simple model to
highlight that crustal underthrusting plays an important role in limiting arc magma
generation and regulating the magmatic tempo via contribution to the arc root formation

and foundering.

CONCLUSION

Numerical modeling results show that the total volume of arc magma and the
magmatic thickening rate associated with partial melting of underthrusting retro-arc
lower crust are not sufficient to drive arc flare-up events of similar magnitude as those
that occurred in the Cretaceous Sierra Nevada arc. While this study is focused on

underthrusting of the retro-arc, the results from our generic model are potentially
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applicable to the process of fore-arc underthrusting. We demonstrated the total volume of
magma generated through partial melting of the underthrusted lower crust depends on the
size of the underthrusted lower crustal slab, while the temporal pattern of the magmatic
thickening rate is directly correlated with the underthrusting rate and is controlled by the
ratio between the characteristic timescales of heat transfer and underthrusting. Crustal
underthrusting contributes to the growth of the arc root whose subsequent foundering
may regulate the tempo of arc magmatism. We suggest additional melts from the mantle

and/or other crustal sources are needed during arc flare-ups.
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APPENDIX 2.1: Effects of critical melt fraction

The choice of critical melt fraction for the extraction of melt will affect the
amount and rate of melt generation. In Figure 2.S1A we show the evolution of thermal
boundary thicknesses representing the temperature at which critical melt fraction of 0.1,
0.25, 0.35, and 0.5 is achieved. Because higher temperatures (Tcrit) are required for higher
melt fractions, the thickening rate of the melt region (area undergoing partial melting and
melt extraction) is inversely correlated with critical melt fraction. In the Fcrit = 0.1 case,
the entire 20 km representing the thickness of the underthrusted crustal slab is melt
mobile within ~12 Myr, while less than 4 km is melt mobile at 60 Myr if Ferit = 0.5 is
used. While the rate of growth of isotherm thickness for lower degree of melting (Ferit =
0.1) is more rapid, but due to the small Fcrit value, only a relatively small amount of melt

can be extracted (Figure 2.S1B).

Figure 2.51B shows the cumulative melt thickness, with the same 4 critical melt
fractions. The 1-D melt thickness is calculated by multiplying the corresponding thermal
boundary thickness by its melt fraction. We observe while the thickness of thermal
boundary layer corresponding to a higher critical melt fraction (Fcrit = 0.25) is less than
that of a lower melt fraction (Fcrit = 0.1) (Figure 2.S1B); the amount of melt however is
greater (Figure 2.S1B). For the higher end of critical melt fraction (Fcrit = 0.5), because
growth of the melt mobile region is slow, relatively little melt can be extracted. If we
limit the timescale to 30 Myr (typical timescale for a flare-up), a critical melt fraction of

~0.25 results in the most amount of melt produced (Figure 2.S1B, red curve). Thus in
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our calculations the assumption of Fcrit = 0.25 represents an upper limit to the production

of arc magma via partial melting of underthrusted crust.

APPENDIX 2.2: Estimate 2D melt area

In our model, we use an area of A = x - z to represent the area of underthrusted slab
undergoing partial melting and melt extraction. Since we do not solve heat diffusion in
2D, we argue that the area of A = x - z is slightly larger than the actual melt area (area
having a temperature higher than Tcrit) but by no more than ~30%.

Here we define three areas. A; = x - z, this is simply the product of underthrust
distance (x) and the thickness of melt area at the leading edge of the underthrusting crust
(2). Aactuar is the actual melt area if it is solved by 2D heat diffusion. Aip is the melt area if
only vertical heat diffusion is applied. It is obvious to note that A; > Agcruar > A1p-

We can calculate A, in the following way (Figure 2.S2). In the constant
underthrusting rate case, t = x/v, Vv is the constant underthrusting rate. For z, using

scaling law, we have

2 =RE = [£R

A;p can be obtained by integrating the area assuming only vertical diffusion is

applied:

0

X X X
A1D=JZ'dX=fJ§'\/}'dX=\/§'f\/}'dx
0 0
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After integration, we have

Thus, we have

2
Al > Aactual > §A1

or

x-z>Aactual>§x-z

APPENDIX 2.3: Cyclic underthrusting and root foundering model setup

The model initiates with a constant underthrusting rate of 5 km/Myr after a
foundering event. We set the background mantle melt generation rate to 0.3 km/Myr
(1AU) and enforce a 300% increase at the initiation of the underthrusting, immediately
after root foundering due to the associated asthenospheric upwellings. This pulse of
increased mantle melt production decreases back to the normal value in 14 Myr based on
the calculated delamination time by assuming gravitational instability induced wholesale

delamination of a 35 km thick arc root with a viscosity of 102 Pa-s (Lee, 2014).

This arc root is generated via both restite left over from partial melting of the
underthrusted lower crust (crustal arc root, Ducea, 2002), and differentiation of the

mantle (mantle arc root, Lee et al., 2006). Because we use Fcrit = 0.25 the ratio of crustal
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melt to root is 1:3. For the mantle arc root, the ratio of melt to restite is assumed to be 1:2
(Lee, 2014). Since both underthrusting of the lower crustal slab and formation of the
restite arc root displaces the sub-arc asthenosphere, resulting in reduction in the volume
of mantle material from which melt can be extracted. Accordingly, we scale melt
generation by the 2-D area of the sub-arc mantle that’s occupying the region between the
slab and lithosphere. The arc root (crustal + mantle arc root) is allowed to grow until a
critical thickness of 35 km. After this point the root is removed from the simulation with

renewed underthrusting and the cycle starts over.
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Table 2.1. Parameter definitions and values used in this study.
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Parameter Symbol Value Unit
Thickness of underthrusting crust z 20 km
Width of the arc w 125 km
Along strike arc length I km
Temperature of crustal slab Terust 600 °C
Mantle temperature Tmantle 1100 °C

Total latent heat of fusion® L 400 k] kg
Temperature dependent heat capacity Cp(T) Jkg 'K
Reference thermal diffusivity K 10 m? st
Temperature dependent thermal diffusivity x(T) m2 st
Thermal diffusivity (latent heat effect included) x’(T) m? st
Equivalent thermal diffusivity (advection included) xeq m2 st
Characteristic time of heat transfer Tthermal Myr
Melt fraction F

Critical melt fraction Ferit 0.25

Critical temperature Terit °C
Volume of melt V km3
Underthrusting rate Vv km Myr?
Underthrusting distance X km

Melt area A km?
Characteristic time of underthrusting Tunderthrust Myr
Underthrust distance arc width ratio yij

Péclet number Pe

Magmatic thickening rate M km Myr?

& Lange et al. (1994)
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Figure 2.1. World map in Robinson projection showing the locations of continental arcs
where non-steady state magmatism has been observed. Arc locations are shown as
abbreviations: AN = Antarctica (Paulsen et al., 2016), BM = Bohemian Massif (Hajna &
Dorr, 2017), CM = Coast Mountains batholith (Cecil et al., 2018), GA = Gangdese-
Burma-Sumatra arc (Zhang et al., 2019), NC = North China (Cope, 2017), NZ = New
Zealand (Schwartz et al., 2017), SA = South American Cordilleran arcs (Kirsch et al.,
2016; Pepper et al., 2016), SC = South China (Li et al., 2007), NA = North American
Cordilleran arcs (Paterson & Ducea, 2015; Kirsch et al., 2016), TA = Taknar complex
(Moghadam et al., 2017). Base map modified from Tsujimori et al., (2006) and Erdman
and Lee (2014).
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A A .

W=125 km

Figure 2.2. Schematic illustration of the numerical model setup showing model geometry
and initial thermal state of the half-space heating model where the underthrusted slab is
600°C everywhere except for the fixed 1100°C bottom boundary.
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Figure 2.3. Temporal evolution of the underthrusted lower crustal slab showing the
propagation of the 900°C isotherm. Inclusion of temperature dependent diffusivity and
latent heat significantly reduces the rate of heat transfer.
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Figure 2.4. MELTS partial melting results of global average lower crust composition
(Rudnick & Gao, 2003) containing 1, 1.5, and 2 wt. % H>0. (A, B, and C) Phase diagram
of residual mineral weight percent as a function of melt fraction. (D) Silica content in

melt vs. melt fraction. Fcrit is the critical melt fraction (Fcrit= 0.25 means 25% partial
melting).
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Figure 2.6. Numerical simulation results of case 1 with 1 wt. % water showing the
temporal evolution of 3 models with different underthrusting rates. (A) The model results
are categorized into 3 stages based on underthrusting of the lower crust. The red part of
the underthrusted crust refers to the area undergoing partial melting and melt extraction.
(B) Time dependent underthrusting rate. (C) Total underthrusting distance. (D) Thickness
of arc root generated via partial melting and cumulative melt thicknesses for Ferit = 0.25.
(E) Cumulative 2-D melt area and 3-D melt volume for arc width w = 125 km and arc
length | = 600 km. (F) Magmatic thickening rate or volumetric flux.
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Figure 2.7. Numerical simulation results of case 2 with 2 wt. % water showing the
temporal evolution of 3 models with different underthrusting rates. Except for the
increased water content, all other parameters are unchanged to illustrate the effect of
water on melt generation. (A) The model results are categorized into 3 stages. The red

part of the underthrusted crust refers to the area undergoing partial melting and melt
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Melt volume
(10° km?®)

extraction (see text for detailed explanation). (B) Time dependent underthrusting rate. (C)
Total underthrusting distance. (D) Thickness of arc root generated via partial melting and
cumulative melt thicknesses for Ferit = 0.25. (E) Cumulative 2-D melt area and 3-D melt
volume for arc width w = 125 km and arc length | = 600 km. (F) Magmatic thickening

rate or volumetric flux.
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Figure 2.8. Steady-state results showing dependency of magmatic thickening rate
(colored contours) with various input parameters. (A) Magmatic thickening rate as a
function of underthrusting rates and thermal diffusivity with fixed arc width w = 125 km.
Ferit= 0.25 is used. (B) Magmatic thickening rate as a function of arc width and
underthrusting rate. Constant thermal diffusivity x = 10° m?/s and Ferit = 0.25 is used.
Cumulative melt volume for a given arc width is shown in dashed gray lines for arc
length | = 600 km. Kinks in the dashed gray line of melt volume appear when the
underthrust rate is high and arc width is small which results in incomplete partial melting
when the underthrusting stops (T¢hermat > Tunderthrust)-
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Figure 2.9. Simulation results of magmatic thickening rate (km/Myr) as a function of
time. Multiple combinations of water content (horizontal row) and amplification factor of
thermal diffusivity (vertical column) are presented. Colored lines represent the three
underthrusting rate models: Blue line (Reference Model) is the constant underthrusting
rate of 5 km/Myr. Red and green lines represent cases having time-dependent
underthrusting rate. Red line is a linearly increasing and decreasing rate which steadily
increases to 10 km/Myr during the first half of underthrusting, then decreases to 0 during
the second half. Green line is a linear decreasing rate from 10 km/Myr at the start to 0 at
the end. All 3 rate models have a underthrusting duration (T ,gerthruse) OF 25 Myr.
Tenermar Varies in different models, and Pe is the Péclet number defined as the ratio
between Tthermal and Tunderthrust-
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Figure 2.10. Modeling results of cyclic underthrusting and root foundering. (A) Lateral
distance of the underthrusting lower crust. (B) Magmatic thickening rate sourced from
the underthrusted crust (blue), mantle (red), and total (green). (C) Arc roots contributed
by different processes. The horizontal black dashed line is an assigned critical thickness
(35 km) for arc root to founder (e.g., Lee et al., 2015a). Purple line is mantle arc root only
without the contribution of crustal arc root. Note the time interval of root foundering
shortens when the crustal arc root is involved.
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Figure 2.S1. Effects of critical melt fraction (Fcrit) on melt generation (A) Growth of four
thermal boundary thicknesses corresponding to Ferit = 0.1, Ferit = 0.25, Ferit = 0.35 and
Ferit = 0.5. Temperatures corresponding to the selected melt fractions are calculated based
on MELTS with a global average lower crust composition (Rudnick and Gao, 2003). (B)
Cumulative melt thicknesses through time.
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Figure 2.S2. Illustration of melt area with only vertical heat diffusion. Kappa is the
thermal diffusivity.
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ABSTRACT

The exhumation history of the Gangdese Batholith, southern Tibet, bears on how
magmatism and tectonism interact with surface processes in a long-lived magmatic
orogen. In this study, we applied Al-in-hornblende barometry across the eastern
Gangdese Batholith to obtain pluton emplacement pressures. Our results, together with
existing bedrock pressure data, reveal the regional paleo-depth pattern across the
Gangdese Batholith. The western part of the batholith near Lhasa exposes plutons
emplaced at 1-2 kbar whereas the eastern part, near Nyingchi, exposes crust recording
pressures typically of 6-12 kbar. We coupled pressure data with new and published U-Pb
zircon ages to constrain the exhumation history of the Gangdese Batholith. The results
show that since 100 Ma, the upper crust experienced limited exhumation except a
pronounced Oligocene-Miocene pulse. In contrast, the middle-lower crust experienced a
complex exhumation and burial history, reflecting major tectonic events including the
development of continental arc and continent-continent collision. Since ca. 10 Ma, the
eastern Nyingchi domain experienced fast exhumation (total exhumation > 40 km), which
was related to the exhumation of the Eastern Himalayan Syntaxis. The Lhasa domain
experienced comparatively limited exhumation (total exhumation < 10 km). Such
dramatic differential exhumation along the E-W direction requires that the Gangdese
Batholith was tilted to present-day exposure levels. Our study shows that during the
evolution of a magmatic orogen, the upper and middle-lower crust can behave differently,
and the exhumation history reflects integrated tectonic, magmatic, and surface processes.

The surface erosion rate estimates can be used to calculate CO2 consumption and



65

evaluate the roles of magmatic orogens in the long-term carbon cycle. Given its great
exposures of plutonic and metamorphic rocks across a relatively continuous crustal
section, the Gangdese Batholith has great potential to serve as a natural laboratory to

understand the structures and evolution of the continental crust.

INTRODUCTION

Tilted orogenic crustal sections are valuable geological windows to understand
the vertical gradients of the composition and structures of the orogens (e.g., Ducea et al.,
2015). Fundamental to establishing the framework in the vertical dimension is to
quantitatively establish the bedrock pressure patterns (paleo-depths). The present-day
bedrock pressure patterns also reflect the exhumation, burial, and tilting histories of the
crust in response to tectonic and magmatic events (Stiiwe and Barr, 1998), as well as the
surface processes which alter the geomorphology of metamorphism (Willett, 1999). The
Gangdese Batholith in the southern Tibet is the magmatic product that developed in
response to the northward subduction of the Neo-Tethyan plate beneath the Eurasian
plate, and the subsequent India-Eurasia collision (e.g., Yin and Harrison, 2000; Kapp et
al., 2007; Zhu et al., 2015; Zuza et al., 2018). Although significant research has focused
on the composition and temporal history of the batholith (e.g., Ji et al., 2014; Zhu et al.,
2015), the regional bedrock pressure pattern is poorly constrained compared to other

well-studied magmatic crustal sections such as the Sierra Nevada Arc in California
(Chapman et al., 2012) and the Kohistan Arc in Pakistan (Jagoutz, 2014). Furthermore,

existing exhumation/cooling data from the Gangdese Batholith is confined mostly to the

Oligocene-Miocene-to-present timeframe (e.g., Harrison et al., 2000; Tremblay et al.,
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2015). Little is known about the exhumation of the Gangdese Batholith from the
Cretaceous to Paleocene and how rocks of different depths exhume over a ~100 Myr
timescale. Finally, there is a recent focus on the role of magmatic orogens as CO2 sources
due to magmatic and metamorphic degassing (e.g., Lee et al., 2012), but the role of the
magmatic orogens as CO> sinks due to silicate weathering (Jiang and Lee, 2019) is less
well established. One of the reasons hampering the CO2 consumption calculation is that
the estimation of the flux of silicate weathering requires a robust understanding of surface
erosion rates over geologic timescales, which are poorly resolved for many magmatic
orogens including the Gangdese. To address the above challenges, we integrated newly
obtained pluton emplacement pressure data with published bedrock pressures to reveal
the regional paleo-depth pattern across the Gangdese Batholith and constructed an

exhumation history of the Gangdese Batholith that extends back to the Late Cretaceous.

GANGDESE BATHOLITH

The ~1500-km-long Gangdese Batholith in southern Tibet is the central segment
of the granitoid belts of "Trans-Himalayan Batholith" along the southern margin of the
Eurasian plate (Figure. 3.1). Mesozoic-early Cenozoic subduction of the Neo-Tethyan
plate accommodated the convergence between the Indian and Eurasian plates until their
collision at ca. 60-55 Ma (e.g., Yin and Harrison, 2000; DeCelles et al., 2014). This
collision is marked by the Indus-Yarlung suture zone (1'YSZ), and intrusions related to the
subduction and collision are distributed across the batholith largely to the north of the
suture (Zhu et al., 2015). Magmatism of the Gangdese Batholith spans from Middle-Late

Triassic to late Miocene, and U/Pb zircon ages display temporal peaks (High-Flux
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Events, HFE, or flare-ups) around 90-100 Ma, 50-60 Ma, and 10-20 Ma (Chapman and
Kapp, 2017; Ji et al., 2014; Zhu et al., 2015). The 90-100 Ma peak is associated with
continental arc magmatism, and the 50-60 Ma peak is attributed to the breakoff of the
subducted Neo-Tethyan plate after the initial collision (e.g., Zhu et al., 2015) or arc root
foundering (Kapp et al., 2007). The 10-20 Ma peak may represent delamination of the

Asian mantle and crustal extension (e.g., Chung, 2009).

GEOLOGY OF THE STUDY AREA

The study area is a ~400-km-long, ~40-km-wide E-W corridor from west of
Lhasa (90°E) to east of Nyingchi (95°E) (Figure. 3.2). Existing U-Pb zircon ages from
the study are show peaks at ca. 90 Ma, 50 Ma, and 15 Ma mimicking the age pattern of

the entire Gangdese Batholith (Figure. 3.3A).

The stratigraphy of the study area includes the following units, in order from
oldest to youngest respectively: (1) reworked mid-Proterozoic and Cambrian crystalline
basement, separated with Paleozoic-Triassic marine clastic rocks and limestone by fault
contacts (Yin et al., 1988); (2) Triassic-Jurassic volcanics, Upper Jurassic-Lower
Cretaceous fluvial, and marginal marine sandstone, shale, and flysch, mid-Cretaceous
shallow marine limestone, and Upper Cretaceous fluvial red beds (e.g., Yin, 1988); (3)
Paleocene-Eocene volcanics of the Linzizong Formation, made up of ~3500 m of
volcanic strata of andesitic lava, dacitic to rhyolitic tuffs that have been dated between

69-50 Ma (He et al., 2007; Zhu et al., 2015); and (4) locally exposed Miocene sandstone
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and conglomerate related to the development of regional thrust faults (Yin et al., 1994)

and extensional basins (DeCelles et al. 2011).

The exposure level of crustal rocks deepens from west to east as evidenced by an
increase in metamorphic grade (Figure. 3.4A). Supracrustal rocks, including the
Linzizong volcanics, upper Mesozoic sedimentary strata, and porphyritic plutons, are
exposed around Lhasa (90.5-92°E) (Figure 3.5A, B). These volcanic-sedimentary rocks
are weakly to non-metamorphosed. Greenschist facies slatey-phyllitic foliation are
commonly found in the Mesozoic strata. In contrast, rocks of middle-lower crustal levels
are exposed in the east near Nyingchi (93.5-95°E). These rocks include plutons
containing magmatic epidote that record intense magmatic-ductile deformation, and
migmatitic gneiss (Figure 3.5C, D). To the east of Nyingchi, and to the south of the
Indus-Yarlung suture zone, the Eastern Himalayan Syntaxis (EHS) represents an
exhumed highly-strained lower crust of typical pressures of 5-14 kbar (e.g., Ding et al.,

2001; Booth et al., 2009).

Most previous research of the exhumation history of Gangdese Batholith in
southern Tibet tracked the Oligocene-Miocene cooling history via medium to low-
temperature thermochronology, including multi-diffusion domain (MDD) modeling of K-
feldspar, biotite and hornblende “°Ar/**Ar ages, and (U-Th)/He and fission track dating of
apatite and zircon (e.g., Harrison et al., 2000; Dai et al, 2013; Tremblay et al., 2015)
(Figure 3.3B). Three cooling events have been interpreted to reflect the initial continental
collision (e.g., Dai et al., 2013) and conductive cooling of Gangdese plutons around 55
Ma, activation of Gangdese Thrust and Great Counter Thrust during 28-15 Ma (e.g.,

Harrison et al., 2000; Laskowski et al., 2018), and exhumation of the Eastern Himalayan
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Syntaxis and normal faulting since ca. 10 Ma (e.g., Ding et al., 2001; Zeitler et al., 2014;
Kapp et al., 2005). Little is known about any earlier Cretaceous to Eocene exhumation.
The amount of the exhumation constrained by medium to low-T thermochronology is
also typically limited to <10 km due to the lower closure temperatures of the
thermochronometers (< 200-400 °C) and is subjected to the uncertainty of varying

geothermal gradients (e.g., Reiners and Brandon, 2006).

Another useful regional marker of exhumation is the Oligocene-Middle Miocene
copper-porphyry deposits that are scattered along the southern margin of the Lhasa
terrane from 88°E to 93°E (Yang et al., 2016) (Figure 3.2, Figure 3.4A). Copper-
porphyry deposits are known to form at a shallow depths (1-5 km with average 2km)
(YYanites and Kesler, 2015) and therefore their exposure at the surface requires limited
exhumation <5 km. The preservation of the Linzizong Formation also suggests that the
overall limited exhumation of the upper crust to the west of 93°E since 69-50 Ma (Figure

3.2, Figure 3.4A).

APPROACH

To obtain estimates of the paleo-depth of the Gangdese Batholith, we collected
granitoid samples for Al-in-hornblende barometry along the highway from Lhasa to
Nyingchi, immediately north of the Indus-Yarlung suture (Figure 3.2, Table 3.1). We
used the Tibetan Magmatism Database (Chapman and Kapp, 2017) as a guide. Samples
for U-Pb zircon geochronology were also collected from plutons of unknown age. The

elevation difference among the samples is less than 2 km (minimum 2930 m, maximum
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4520 m). We also compiled existing bedrock pressures from the literature (Figure 3.2,
Figure 3.4B). Metamorphic pressures were obtained from mineral assemblages and
metamorphic barometers. Ages associated with the metamorphic pressures were
constrained from metamorphic monazite and overgrowth rim of zircon. Existing pluton
emplacement pressures have also been compiled into the database. The compiled bedrock

pressure data can be found in the Supplementary Materials.

Exhumation or burial of a block of crust can be obtained by calculating the
pressure difference between adjacent bedrocks of different ages. Exhumation/burial rate
is calculated by dividing the pressure difference by the difference of ages associated with
the pressures (Figure 3.6A). This approach assumes that the relative position of the
existing plutons or metamorphic host rocks remains unchanged although they could move
vertically together during a younger exhumation or burial event. We will further justify
this approach using Gangdese geology in Section 7.3.1. Ideally, these pressure-age data
should be from one locality. Due to the spatial distribution of available pressure-age data,
the pressure-age data was binned into five 50-100 km-sized orogen-parallel sectors: from
west to east, Lhasa, Zedong, Jiacha, Wolong, and Nyingchi (Figure 3.2). We argue that
at the 10° km orogen-parallel scale, regional exhumation patterns should be
approximately consistent for a region of 101-102 km. In other words, within a sector of
50-100 km size, the crust exhumes similarly. Examples of consistent exhumation patterns
across regions of 10-10? km size include the Eastern Himalayan Syntaxis (Zeitler et al.,
2014) and the southern Sierra Nevada (Chapman et al., 2012). Compared to the medium
to low-temperature thermochronology, using bedrock pressures to track exhumation has

the following advantages: (1) emplacement pressure is difficult to be reset; (2) U-Pb
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zircon age associated with the emplacement pressure is unambiguous; (3) pressure can be
directly translated to depth, and no assumption of geothermal gradient is needed; and (4)
the broad range of crystallization ages of Gangdese plutons allows for tracking the

exhumation back to Late Cretaceous.

ANALYTICAL METHODS

Al-in-hornblende barometry

The Al-in-hornblende (Al-in-Hbl) barometry has been widely used to constrain
the emplacement pressure of calc-alkaline, felsic-intermediate plutons typical for arcs
(e.g., Hammerstrom and Zen, 1986; Ague and Brandon, 1992; Jagoutz, 2014). The
requisite mineral assemblage is needed to ensure the barometry work properly (e.g.,
Anderson and Smith, 1995). The mineral assemblage we used here is quartz+
plagioclase+ K-feldspar+ biotite+ hornblende+ magnetite+ titanite or ilmenite+ melt
(assume originally present) corresponding to a system consisting of SiO2-Al203-TiO2-
Fe>03-FeO-MgO-CaO-Na>0-K>0. Using this mineral assemblage, we filtered out
samples that did not meet the criterion. Petrographric descriptions and photomicrographs

from each sample are presented in the Supplementary Materials.

We used two different calibrations to calculate the emplacement pressure: (1) the
classic temperature-corrected calibration using plagioclase thermometry (Anderson and
Smith, 1995; Holland and Blundy, 1994), and (2) a recent calibration that is better for
low-P samples (Mutch et al., 2016). Independent constraints for pluton emplacement

pressures include the appearance of magmatic epidote in plutons of medium-high
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emplacement pressures (Zen and Hammarstrom, 1984, Table 1) and the regional increase

of metamorphic grade in the host rocks (Figure 3.4).

Electron probe microanalysis (EPMA) was carried out at the Department of Earth,
Environmental and Planetary Sciences at Rice University. To obtain the temperature of
the solidus using the plagioclase thermometer (Holland and Blundy, 1994), we targeted
five pairs of coexisting hornblende and plagioclase in each sample. At each pair, major
element compositions of plagioclase and hornblende were made at 10 adjacent points (5
on hornblende, 5 on plagioclase). Inclusions, cracks, and retrograde rims were avoided.
Hornblende and plagioclase formulas were then calculated based on 23 oxygens and 5
cations, respectively. Pressure and temperature were solved together using the Excel
spreadsheet prepared by J. L. Anderson. Technical details of the EPMA analysis and

pressure calculation spreadsheet are presented in the Supplementary Materials.

U/Pb zircon geochronology

Samples of plutons were processed for zircon separates following standard techniques
involving crushing, magnetic separation, and heavy liquids. U-Pb geochronology of
zircons was conducted by laser ablation inductively coupled plasma mass spectrometry
(LA-ICP-MS) at the Arizona LaserChron Center. Cathodoluminescene (CL) images were
used as a guide to avoid inclusions and cracks. Data reduction was performed with an in-
house routine. We used TuffZirc algorithm in ISOPLOT to calculate the ages of plutonic
samples. TuffZirc algorithm yields a more reliable igneous age by excluding ages of

older xenocrysts or cores via a statically robust method rather than subjective decision
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(Ludwig and Mundil, 2002). Technical details of the LA-ICP-MS analysis are presented

in the Supplementary Materials.

RESULTS

Results of Al-in-hornblende barometry

Table 3.1 summarizes the 18 new pluton-emplacement pressures from the Al-in-
Hbl barometry and solidus-temperatures derived from the plagioclase thermometry.
Pressures show a variation from ~1 kbar to 8 kbar among samples and solidus
temperatures show a range of 629-797 °C. When applying Anderson and Smith (1995)’s
barometry, we found that in 12 out 18 samples, the hornblende compositions have either
Fe3*/(Fe?*+Fe®*) <0.2 or Fe#<0.4 that are not fully in the recommended ranges. For those
samples, we present the pressures in parentheses. These pressures are still considered to
be valid since the samples pass the Fe*<0.65 and T<800 °C filters suggested by Putirka
(2016). Pressures from Mutch et al. (2016)’s barometry were calculated for all samples.
Mutch et al. (2016)’s calibration is not sensitive to temperature as long as the solidus is
close to 725+75 °C (Mutch et al., 2016). The calibration uncertainty of Anderson and
Smith (1995)’s barometry is £0.6 kbar and the relative uncertainty of Mutch et al.
(2016)’s barometry is 16%. Since these uncertainties obtained via barometry calibration
cannot be used for natural samples, we assumed a standard error of 1 kbar to all samples
instead. Within the uncertainties, pressures from Anderson and Smith (1995)’s and
Mutch et al. (2016)’s calibrations overlap each other validating the results (Figure 3.S1).

The final pressure of each sample is calculated using the mean value of the two
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calibrations. The depth of pluton emplacement is calculated using a characteristic crustal
density of 2800 kg/m®. Full EPMA analytical data tables are presented in the

Supplementary Materials.

Results of geochronology

Newly obtained U-Pb zircon ages from seven granitoid samples are reported in
Table 3.1. Sample 7-6-1 is dated to 50.5+0.7 Ma (weighted mean age, 95% confidence,
same for the rest samples) based on a coherent age group of 29 zircons. Sample XCT55 is
dated to 177.5+1.1 Ma based on 29 zircons. Sample XCT56 is dated to 196.1+1.2 Ma
based on 17 zircons. Sample XCT58 is dated to 46.4+0.4 Ma based on 19 zircons.
Sample 10-8 is dated to 91.2 +0.5 Ma based on 30 zircons. Sample 11-10 is dated to 63.8
+0.5 Ma based on 27 zircons. Sample 12-14 is dated to 45.4 +0.4 Ma based on 32
zircons. Full ICPMS analytical data tables and TuffZirc age plots are presented in the

Supplementary Materials.

DISCUSSION

Tilted crustal section of Gangdese Batholith

Figure 3.4B and 3.4C shows the bedrock pressure data across the Gangdese
Batholith from 90°E to 96°E. Near Lhasa (90.5°E to 92°E, Lhasa and Zedong sectors), the
pressures have a relatively narrow range of 1 to 3 kbar. These pressures are consistent
with the non-metamorphosed or greenschist-facies supracrustal rocks found in that area
(Figure 3.4A). To the east, pressure gradually increases from ~3 kbar to ~11 kbar

between 92.5°E to 93.5°E (Jiacha and Wolong sectors). Pressures at the Nyingchi sector
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(~ 94.5°E), where granulite-facies rocks are exposed (Zhang et al., 2010), are typically
>10 kbar with the highest pressure reaching 12.3 kbar. Further east of the Nyingchi
(94.5°E to 96°E), pressures gradually shallow to 2.8 kbar except a metamorphic rock of
10.8 kbar exists at 95.2 °E (Booth et al., 2009). At some places, juxtaposition of rocks of
different paleo-depths and ages suggest significant vertical motion has occurred (see

Section 7.3.2 for detailed discussion).

Longitudinal variations of pressure estimate and metamorphic grade show that the
Gangdese bedrock pressure overall increases from west (~90 °E) to east (~94.5 °E). We
interpret that the Gangdese Batholith was broadly tilted westward across from the Lhasa
to Nyingchi domains. To the east of Nyingchi, the crust was tilted eastward around the

EHS.

The establishment of the paleo-depth of the Gangdese Batholith allows us to
further address two topics. First, we can couple depth and age data to track the
exhumation/burial paths. This addresses the juxtaposition of rocks of different paleo-
depths. Second, we can constrain the differential exhumation that occurred along the
orogen-parallel direction, which eventually results in the first-order longitude-pressure

pattern observed at the surface today.

Kinematic model for exhumation during thickening and erosion

Here we present a one-dimensional kinematic model linking exhumation and burial
processes in an orogen subject to simultaneous crustal thickening and surface erosion.

This model provides insights to explain the first-order exhumation/burial pattern for the
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Gangdese Batholith discussed in Section 7.3. Figure 3.6B illustrates the kinematics of a
crustal column undergoing thickening or surface erosion (z-axis is positive downward,
origin at surface). If we assume the thickening strain rate €, is homogenous across depth,
the exhumation or burial of a parcel of rock at time t depends on the competition between

thickening-induced burial (&, - z) and surface erosion (E) (Eq. 1) (Stliwe and Barr, 1998).
v (t) =S =&, 2(t) — E (1)

where v, is the exhumation rate (v,<0) or burial rate (v,>0) such that if v,=0 the rock
remains at the same depth (“neutral depth”, Figure 3.6B), E is the surface erosion rate,
and z(t) is the depth of the parcel of the rock relative to the surface at time t. In order to
obtain the exhumation/burial paths through time, we integrated the above equation

assuming the surface erosion rate is a constant:

z(t) = (Zo - SEZ) cefrt + 2 2)

&z

where z, is the initial depth of the rock at time t,= 0. We understand that surface erosion
rate can vary through time controlled by topography and climate parameters. The
thickening strain rate could also be time- and depth-dependent in an orogen. The model is
kept simple so as to show the relative roles of surface erosion and thickening-induced
burial. Figure 3.7 shows the exhumation/burial paths of parcels of rocks at 10, 20, and 40
km initial depths under different combinations of surface erosion rate and thickening
strain rate. When E=0, all rocks experience burial; faster thickening strain rate results in
faster burial (Figure 3.7 A1-A3). Increased erosion rates can result in slower burial, or

exhumation (e.g., Figure 3.7 B1, C1, D1). We note that for some combinations of the &,
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and E, the exhumation path for rock at z,=10 km remains effectively flat, suggesting the
thickening-induced burial at 10 km depth is balanced by the surface erosion, resulting in
minimal exhumation (Figure 3.7 B1, C2, D3, highlighted by gray boxes). We obtain the

following insights from this model:

(1) The upper, middle, and lower crust exhume differently under same surface
erosion and tectonic thickening conditions. This is because the thickening-induced

burial rate (&, - z) increases toward depth.

(2) Rock can remain at a constant depth (neutral depth) if the thickening-induced

burial balances erosion.

(3) A tradeoff exists between erosion rate and thickening strain rate if we only know
the exhumation/burial path at a given depth. A unique combination of erosion rate
and thickening strain rate can be constrained if we know exhumation/burial rates

of rocks at two different depths.

Exhumation history of Gangdese Batholith based on bedrock pressures

Justification of using bedrock pressures based on Gangdese geology

To track the exhumation history, we binned the bedrock pressures from the
Lhasa-Nyingchi transect into five 50-100 km-sized sectors. From west to east, they are
Lhasa sector, Zedong sector, Jiacha sector, Wolong sector, and West Nyingchi sector
(Figure 3.2). Bedrock pressures to the east of Nyingchi are not binned because their
pressure-associated ages are not well constrained. As previously mentioned, the

assumption of using bedrock pressures to track exhumation is that no younger event
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affects the existing relative position between plutons or metamorphic host rocks. We
further justify this assumption based on the geology in the study area. First, within each
sector, younger shear zones of various dip directions and kinematics are required to
juxtapose plutons or metamorphic host rocks of different depths and ages. In reality, only
a few north-dipping, south-vergent orogen-parallel thrust faults have been recognized in
the Lhasa-Nyingchi section of the Gangdese Batholith (Gangdese thrust, e.g., Yin et al.,
1994). Near Zedong, where the 30-20 Ma Gangdese thrust has been mapped (Yin et al.,
1994), our pressure data are all located in the upper plate of the thrust faults except one
(1.8 kbar, 62 Ma) is located at the lower plate of an inferred fault trace. Even if we
exclude this datapoint, the overall exhumation history is unaffected. Second, our pressure
data are distributed parallel to the orogen with little room to develop complex orogen-

parallel faults in between.

Two young (~8-10 Ma) north-south trending normal faults are near or within the
study area: the Nyaingentanglha and Cuona-Woka (Cona-Oiga) faults (Figure 3.2). The
~8 Ma Nyaingentanglha fault located to the NW of Lhasa is a SE-dipping normal fault
with a vertical throw of 12-15 km (Kapp et al., 2005). All of our pressure data are >70
km southeast of this fault, and more importantly, they are all located on its hanging wall
side. Thus, we argue any tectonic exhumation related to the Nyaingentanglha fault does
not affect the existing pressure pattern in the study area. The ~10 Ma Cuona-Woka faults
located at ~92.3 °E form a ~10-km-wide rift zone with two bounding normal faults
dipping at ~60° (Wu et al., 2008). The vertical throw of the Cuona-Woka faults is poorly
documented. Since our data are all outside the rift zone, the Cuona-Woka rift is unlikely

to affect the regional pressure pattern in the study area.
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The exhumation/burial paths of Gangdese crust

The exhumation/burial paths of the five sectors are shown in Figure 3C. Since
different longitudinal sectors represent rocks of different paleo-depths, these paths reveal
contrasting exhumation/burial histories for rocks of different crustal levels before the
tilting occurred. The two west sectors (Lhasa and Zedong), representing the upper crust,
show relatively flat paths suggesting the exhumation of the two sectors is limited (~10
km) since Late Cretaceous. In contrast, the two eastern sectors (Wolong and Nyingchi),
representing the middle-lower crust, show a complex pattern with multiple burial and
exhumation trajectories. Only three samples were collected from the Jiacha sector;
therefore its exhumation path is not clear based on the available data. Two pressures
associated with Early Jurassic age (177.5 Ma and 196.1 Ma) are not discussed here since
we focus on the Gangdese history since 100 Ma. To facilitate discussion, we divide the
exhumation history into 4 stages based on the pattern of the exhumation paths and

regional geological history.

Stage 1 (100-70 Ma) represents the Late Cretaceous phase of the Gangdese
continental arc (Figure 3.3E). Samples from the Lhasa sector remain isobaric at 2 kbar
(~7-8 km depth) during this stage. In contrast, the Wolong sector shows progressive
burial from 20 km to 40 km from ca. 95 Ma to 72 Ma. The average burial rate is about 1
km/Myr (Figure 3.3C). Our available data cannot recover its temporal pattern of the
deeper Nyingchi sector during this stage, but it probably experienced burial similar to the

Wolong sector given the spatial proximity.
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The different exhumation-burial paths for the upper and middle crust resemble the
simulated exhumation/burial paths shown in Figure 8A in which a thickening strain rate
of 1.6x107'° st and a surface erosion rate of 0.35 km/Myr are applied. Several lines of
evidence from other orogens support the proposed strain rate and erosion rate. For
example, the thickening strain rate of the Mesozoic Sierra Nevada continental arc is
estimated from 10™° s to 10® s (Cao et al., 2015). An erosion rate of 0.35 km/Myr is
also reasonable for many magmatic orogens, such as the Cretaceous Peninsular Range
Batholith, which is constrained to 0.2-1 km/Myr (Jiang and Lee, 2017). Mass balance-
isostasy modeling for the Cretaceous central Sierra Nevada suggests a 0.2-0.5 km/Myr

surface erosion rate (Cao & Paterson, 2016).

In Late Cretaceous (100-70 Ma), the Gangdese crust experienced thickening as
predicted by the simple kinematic model (Figure 3.8A, Figure 3.9A). The Gangdese arc
experienced a magmatic flare-up at 100-90 Ma (Chapman and Kapp, 2017) (Figure
3.3A) and a major phase of Late Cretaceous (100-70 Ma) north-south shortening (Figure
3.3E) (Kapp et al., 2007). Accordingly, magmatic inflation and contractional deformation
probably contributed to the inferred thickening. Similar combined tectonic-magmatic
thickening has been proposed for North and South American Cordillera (e.g.,
Allmendinger et al., 1997; Cao et al., 2015), as well as the Gangdese arc (Zhu et al.,
2017; DePaolo et al., 2019). However, the relative contributions of magmatic versus

tectonic thickening are unknown.

Stage 2 (70-50 Ma) represents a transition phase from continental arc to

continental collision that occurred around 55-60 Ma (e.g., DeCelles et al., 2014, Figure
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3.3E). For the upper crust, the exhumation paths of the Lhasa and Zedong Sectors

remains relatively flat (Figure 3.3C).

A second magmatic flare-up peaked at ca. 55 Ma, and evidence for major tectonic
deformation in the study area is lacking during this period except a brief shortening event
in the retro-arc (Kapp et al., 2007, Figure 3.3E). For the upper crust, the relative flat
exhumation path may suggest that the surface erosion was still more or less balanced by

the magmatic thickening and the deposition of the Linzizong volcanics.

Although the number of data points for Stage 2 are insufficient to make
meaningful interpretations for middle-lower crust, several dynamic processes may
compete with one another during this transition period and complicate the behavior of the
middle-lower crust. Proposed processes include arc-root founding at 69-50 Ma (Kapp et
al., 2007), slab breakoff and subsequent upwelling of the asthenospheric mantle at 53 Ma
(Zhu et al., 2015), or Gangdese lithosphere delamination at 68-60 Ma (Ji et al., 2014).

More data is needed to constrain the behavior of the middle-lower crust.

Stage 3 (50-30 Ma) represents the early phase of continental collision. The upper
crust exhumation path of the Zedong sector slightly goes up from 10 km to ~3 km
corresponding to an average exhumation rate of 0.35 km/Myr. For the middle-lower
crust, the Nyingchi sector experienced burial from 30 km to ~45 km, corresponding to an
average burial rate of 0.75 km/Myr (Figure 3.3C). Referring to our kinematic model, we
find that when the thickening strain rate is 1.4x10%° s, and surface erosion rate is 0.65
km/Myr, the simulated exhumation/burial paths for 10 km and 30 km deep rocks mimic

the exhumation/burial paths in Stage 3 (Figure 3.8B).
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Crustal thickening during this stage was mainly caused by magmatic inflation
during the later stage of the second flare-up (50-60 Ma) and possibly some syn-
collisional shortening starting at ~42 Ma evidenced by the accelerated cooling in the
retro-arc Linzhou area (He et al., 2007) (Figure 3.3E; Figure 3.9B). Using La/Yb ratios
from the Gangdese plutons to track the crustal thickness, Zhu et al. (2017) shows that the
crust thickened between 50 and 30 Ma (Figure 3.3D). DePaolo et al. (2019) also
suggested major crustal thickening (>30 km thickening) took place between 45 and 32

Ma to the north of the suture near Lhasa based on Nd isotopes and La/Yb data.

The middle-lower crust has thus experienced two burial processes, one in Late
Cretaceous related to the continental arc, and the other one in Eocene related to the
collision (Figure 3.3C). Such burial processes have been recognized by two-stage
granulite facies metamorphism by Zhang et al. (2010) in the high-grade terrane near
Nyingchi. The collision-related burial is also shown by the P-T-t path of the high-grade

rocks from Nyingchi area (Tian et al., 2020).

Stage 4 (30-0 Ma) represents a phase of continued collisional plate convergence
and crustal tilting due to differential exhumation along the Lhasa-Nyingchi section
(Figure 3.3C, Figure 3.9C). Although bedrock pressure data is not available during this
stage, compiled low-temperature thermochronological data in Lhasa-Zedong area reveal a
major cooling event from 25 to 10 Ma (Figure 3.3B). Since the closure temperature of
the zircon fission track system is ~250 °C (e.g., Reiners and Brandon, 2006), the amount
of exhumation constrained by the low-temperature thermochronological data is about 6-8
km assuming a 40-30 °C/km geothermal gradient. This corresponds to an average

exhumation of about 0.4-0.5 km/Myr during 25-10 Ma. If the cooling was more
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temporally concentrated within 16-12 Ma (Tremblay et al., 2015), the exhumation rate
could have been greater at 1.5-2 km/Myr. After 10 Ma, surface erosion in the Lhasa and
Zedong Sectors was minimal, <1 km (<0.1 km/Myr) (Tremblay et al., 2015). This
interpretation is further supported by the preservation of 20-10 Ma copper porphyry

deposits in Lhasa-Zedong area (Figure 3.3C).

In contrast, the Nyingchi sector had to have exhumed from at least 45 km depth to
the surface during this stage, which corresponds to an average exhumation rate of 1.5
km/Myr. The exact exhumation paths of the Nyingchi sectors are unknown. Given the
spatial proximity of the Nyingchi sector to the Eastern Himalayan Syntaxis, we speculate
that the Nyingchi sector exhumed together with the Eastern Himalayan Syntaxis since ca.
10 Ma (Ding et al., 2001) with an exhumation rates of ~5-10 km/Myr since ca.10-5 Ma

(e.g., Booth et al., 2009; Zeitler et al., 2014) (Figure 3.3C).

During Stage 4, north-south contractional deformation resumed in the southern
Lhasa terrane represented by the 27-23 Ma Gangdese Thrust and Late Oligocene-Early
Miocene Great Counter Thrust (Yin and Harrison, 2000; Laskowski et al., 2018, Figure
3.3E). This phase of contraction resulted in ~20% shortening strain of the Linzizong
volcanics during 30-10 Ma (Pan and Kidd., 1999). The activation of the Gangdese Thrust
and Great Counter Thrust could be responsible for the coeval major cooling events
(Laskowski et al., 2018). The shortening-related crustal thickening resulted in isostatic
elevation increase near the Lhasa-Zedong area, but the elevation increase does not induce
a fast erosion probably because the mountain building in the Himalaya region shifted the

erosional front southwards after 10 Ma (Tremblay et al., 2015). In contrast to the minimal



84

exhumation in the Lhasa and Zedong sectors, the fast exhumation of the Nyingchi sector

is probably related to the fast and focused erosion-driven exhumation of the

Eastern Himalayan Syntaxis (e.g. Zeitler et al., 2014). We suggest that crustal
tilting from Lhasa-Nyingchi section occurred during this stage due to the dramatic

exhumation difference between the Lhasa and Nyingchi areas (Figure 3.9C).

Comparison to La/Yb proxy for crustal thickness

Whole-rock Sr/Y and (La/Yb)n have been recently used as proxies for crustal
thickness (e.g., Profeta et al., 2015). Zhu et al. (2017) used whole-rock (La/Yb), from
Gangdese plutons to track crustal thickness in the southern margin of the Lhasa terrane.
To compare their results to the bedrock pressures in the study area, we filtered Zhu et al.

(2017) data using the spatial range of the study area (90-95°E, 29-30°N) (Figure 3.3D).

For Stage 1, most of the (La/Yb)n data cannot be used to track crustal thickness
since the plutons are likely originated from the oceanic slab melts (Zhu et al., 2017).
Thus, the comparison between the (La/Yb)n -derived crustal thickness and the burial

paths from the bedrock pressures cannot be made.

For Stage 2, the crustal thickness derived from (La/Yb), shows a scattered
distribution while the bedrock pressure data are too limited to make robust

interpretations.

For Stage 3, the (La/Yb)n-derived crustal thickness increased from 30-50 km to
~80 km, consistent with the burial path of the Niyingchi sector. If we assume the crustal

thickness was 40 km at 50 Ma, with the proposed thickening strain rate (1.4x107° s
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and surface erosion rate (0.65 km/Myr), the crustal thickness could achieve ~80 km by 30

Ma (Figure 3.8B).

For Stage 4, the (La/Yb)n-derived crustal thickness shows a similar value to the
present-day thickness (~70 km). The bedrock pressure does not cover this stage. Since
the EHS has been exhumed for > 30-40 km since ~10 Ma (Zeitler et al., 2014), it may
require a lower crustal flow to compensate the exhumation/thinning of the EHS crust and

its vicinity (e.g., Zeitler et al., 2014).

In summary, we argue that the bedrock pressure is supplementary to the (La/Yb)n-
derived crustal thickness, and they can be used together to test tectonic models. Two
datasets are consistent with each other during the early phase of continental collision (50-
30 Ma). For other stages, due to the incompleteness of datasets, either (La/Yb), or
bedrock pressure, the comparison cannot be fully made. More studies are needed to fill

the gaps.

OUTSTANDING QUESTIONS

Bedrock pressure samples were mostly obtained along the Indus-Yarlung suture in
this study, and an E-W bedrock pressure gradient is revealed. What is the regional pattern
of bedrock pressures outside the study area, especially further towards the west and in the
suture-perpendicular direction? Is the batholith also tilted in the N-S direction due to the
Oligocene-Miocene structures that are localized in the southern part of the batholith (e.g.,
the Great Counter Thrust and Gangdese Thrust)? Do other segments of the Gangdese

Batholith also show the same two phases of burial related to the continental arc and
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continental collision? More bedrock pressures are needed to answer these questions.
Eventually, with enough data, once can produce a bedrock pressure map of high spatial
resolution similar to the one for the Sierra Nevada Batholith (e.g., Chapman et al., 2012).
Such regional pressure patterns can be further coupled with the geochronology,
geochemistry, isotopes, and magmatic fabrics to investigate depth-dependent processes

associated with the arc magmatism and continental collision (e.g., Jagoutz, 2014).

The tilting mechanisms of the Batholith are not discussed in this study. Several
possible end-members could be (1) rigid-body-like titling across a large (~400 km) area,
(2) tilting accommodated by multiple orogen-perpendicular shear zones, and (3) along-
strike crustal flow related to the exhumation of the EHS. Are there unmapped orogen-
perpendicular shear zones in the study area permitting east-side-up kinematics? How
does the mechanical coupling between the fast-exhuming EHS and the Gangdese crust
affect the degree of the tilting? Field studies should be combined with 2D and 3D

geodynamic modeling to answer these questions.

Finally, what is the CO2 consumption related to the erosion and the silicate
weathering of the Gangdese Batholith, especially during the continental arc stage and
during the last ~10 Myr when the batholith was tilted? For example, one could estimate
the amount of crustal materials eroded from the Gangdese Batholith since 10 Ma by
integrating the area above the bedrock pressures (Figure 3.4B). Such estimates can
provide a basis to investigate the roles of magmatic orogens in the long-term carbon
budget by evaluating the CO> outgassing versus the CO2 consumption through erosion-

chemical weathering processes (Jiang and Lee, 2019).
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CONCLUSION

Longitudinal bedrock pressure pattern has been revealed in the Gangdese
Batholith from Lhasa to Nyingchi. Bedrock pressure increase from 1-2 kbar near Lhasa to
6-12 kbar near Nyingchi. Upper and middle-lower crust rocks experienced differential
exhumation or burial processes since Late Cretaceous. Dramatic differential exhumation
along the E-W direction occurred since ca. 10 Ma, which tilted the crust to the present-
day exposure levels. The exhumation-burial history of the Gangdese Batholith reflects

integrated tectonic, magmatic, and surface processes.
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APPENDIX 3.1: Technical details of LA-ICP-MS analysis

Zircon separates from samples are incorporated into a 17 epoxy mount together
with fragments or loose grains of Sri Lanka, FC-1, and R33 zircon crystals that are used
as primary standards. The mounts are sanded down to a depth of ~20 microns, polished,
imaged, and cleaned prior to isotopic analysis. U-Pb geochronology of zircons is
conducted by laser ablation inductively coupled plasma mass spectrometry (LA-ICPMS)
at the Arizona LaserChron Center (Gehrels et al., 2006, 2008; Gehrels and Pecha, 2014).
The analyses involve ablation of zircon with a Photon Machines Analyte G2 excimer
laser equipped with HelEx ablation cell using a spot diameter of 20 microns. The ablated
material is carried in helium into the plasma source of an Element2 HR ICPMS, which
sequences rapidly through U, Th, and Pb isotopes. Signal intensities are measured with an
SEM that operates in pulse counting mode for signals less than 50K cps, in both pulse-
counting and analog mode for signals between 50K and 5M cps, and in analog mode
above 5M cps. The calibration between pulse-counting and analog signals is determined
line-by-line for signals between 50K and 5M cps, and is applied to >5M cps signals. Four
intensities are determined and averaged for each isotope, with dwell times of 0.0052 sec
for 202, 0.0075 sec for 204, 0.0202 sec for 206, 0.0284 sec for 207, 0.0026 sec for 208,
0.0026 sec for 232, and 0.0104 sec for 238. With the laser set an energy density of ~5
Jlem?, a repetition rate of 8 hz, and an ablation time of 10 seconds, ablation pits are ~12
microns in depth. Sensitivity with these settings is approximately ~5,000 cps/ppm. Each
analysis consists of 5 sec on peaks with the laser off (for backgrounds), 10 sec with the

laser firing (for peak intensities), and a 20 second delay to purge the previous sample and
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save files. More information can be found at Arizona LaserChron Center’s website:

https://sites.qoogle.com/a/laserchron.org/laserchron.

We applied the following filters before we calculate the crystallization ages: (1)
Individual analyses with U/Th>10 are excluded since they are likely affected by
metamorphic processes (e.g., Yakymchuk et al., 2018); (2) Since all dated samples are
younger than 400 Ma, analysis whose concordance (ratio of 2°Pb/?38U and 2°"Pb/?*°U
ages) is smaller than 85% or its reverse concordance (ratio of 2°°Pb/?*8U and 2°’Pb/?*°U

ages minus 1) is larger than 10% is excluded.

APPENDIX 3.2: Technical details of EPMA analysis

Samples are prepared as polished, epoxy mounted thin sections with a ~20 nm
carbon coating. Electron probe microanalysis (EPMA) was carried out with a JEOL
JXAB8530F Hyperprobe at the Department of Earth, Environmental and Planetary
Sciences at Rice University, using 5 crystal wavelength-dispersive spectrometers. The
field-emission gun was set at a 15 kV accelerating voltage, with a beam current of 20 nA.
For hornblende analyses, the electron beam size was focused to a 300 nm spot while
plagioclase analyses utilized a larger, 20 pm spot size to minimize potential alkali
migration during analysis. 10 major element compositions (Na, Si, K, Ca, Fe, Ti, Al, Mg,
Cr, Mn) of plagioclase and hornblende were collected. Counting times were 10 s on peak
and 5 s on lower and upper bounds. Natural and synthetic mineral standards were used
for measuring the characteristic X-rays and ZAF matrix correction procedure was applied

for quantification.


https://sites.google.com/a/laserchron.org/laserchron
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Table 3.1: Locations, ages, emplacement pressures, and solidus temperatures of
barometry samples.
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Sample Lat. Long. mA“mW\ Lithology Sector  Age(Ma) © MMM ) ﬂ\_ﬁ_ﬂ ﬂw _u_,w__w_wwc +3 Mw%w_m Age reference®
7-6-1* 29.45952 94.42608 2930 Monzodiorite Nyingchi 50.5 0.7 8.1 7.8 8.0 1.0 726 This study
7-13* 29.1855 93.96752 2980  Granodiorite Wolong 87.2+1.1 (6.8) 6.5 6.7 1.0 736 Jietal. (2014)
7-14 29.17734 93.93331 2997  Granodiorite Wolong 88.7£1.5 (5.5) 6.8 6.2 1.0 797 Ma et al. (2013)
XCT55 29.1360 93.8409 3340  Granite Wolong 177511 3.0 25 2.7 1.0 655 This study
MLO4-1*  29.12564 93.8370 2960  Monzodiorite Wolong 86.5+2.4 75 6.5 7.0 1.0 704 Jietal. (2014)
09FW34*  29.14 93.1283 3100  Tonalite Wolong 949 1.7 6.0 5.0 5.5 1.0 699 Jietal. (2014)
09FW41 29.4193  92.7381 4520  Granite Jiacha 56.1+1.1 6.0 4.5 5.2 1.0 661 Jietal. (2012)
09FW50*  29.2388 92.6973 3780  Granodiorite Jiacha 50.2 £1.9 3.7) 2.9 3.3 1.0 665 Jietal. (2012)
XCT56 29.1708  92.6687 3420  Granite Jiacha 196.1+£1.2  (4.5) 35 4.0 1.0 669 This study
XCT58 29.2301  92.3008 3590  Granite Zedong 46.4+0.4 (1.8) 1.9 1.9 1.0 667 This study
8-4 29.28817 92.09571 3561 Monzodiorite Zedong 45.4 0.7 3.1 2.7 2.9 1.0 695 Jietal. (2012)
8-6 29.26903 91.9114 3553  Monzodiorite Zedong 29.6 +0.4 0.4) 1.2 0.8 1.0 629  Zhang etal.. (2014)
8-10 29.26566 91.81249 3558  Granodiorite Zedong 62 (1.4) 21 1.8 1.0 745 Jiang et al. (2014)
10-7-1 29.30214 91.40829 3558 Monzodiorite Lhasa 91.1 1.7 1.8 1.7 1.0 633 Jiang et al. (2014)
10-8 29.31496 91.28507 3578  Monzodiorite Lhasa 91.2+0.5 (2.4) 2.3 2.4 1.0 702 This study
11-10 29.4094  91.16078 3770  Granodiorite Lhasa 63.8 £0.5 (2.0) 2.1 2.1 1.0 712 This study
12-14 29.37394 91.01984 3756  Qtz Monzodiorite  Lhasa 454 0.4 (2.1) 2.0 21 1.0 683 This study
14-7 29.33386 90.86615 3580  Granodiorite Lhasa 47.1£1.0 (1.3) 1.2 1.3 1.0 662 Jietal. (2009)
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1 Pressure results based on Anderson and Smith (1995)’s calibration with temperature
effect corrected. Pressures in paracenteses are the results having hornblende compositions
of Fe#<0.4 or Fe**/(Fe**+Fe?*) <0.2. These pressure are still considered to be valid since
they pass the Fe* <0.65 and T<800 °C filters (Putirka., 2016).

2 Pressure results based on Mutch et al.(2016) s calibration.
3 A standard error of 1 kbar is assumed.

4 Solidus temperature obtained from plagioclase thermometer (Holland and Blundy,
1994).

5 Information from Tibetan Magmatism Database (Chapman and Kapp, 2017). Original
citations are presented in the Supplementary Materials.

* mark in the sample column suggests sample containing magmatic epidote
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Figure 3.1. Simplified geologic map of southern Tibetan plateau showing major tectonic
regimes. The Gangdese Batholith is the central section of the Tans-Himalaya Batholith
developed along the southern edge of the Lhasa terrane. SGT: Songpan-Ganze terrane.
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© 14 Copper porphyry deposit with age (Ma)

o 2.4 Bedrock pressure (kbar) with age (Ma)
91.2 (g

red- this study, black- published studies)
~2_ Normal fault (tick indicates dip direction)

Figure 3.2. Map of Lhasa-Nyingchi area. Gangdese Batholith and Linzizong volcanics
are highlighted using red and green colors. Bedrock pressure data and copper porphyry
deposits are shown with associated ages. Bedrock pressure data in the study area are
binned into five sectors (Lhasa, Zedong, Jiacha, Wolong, Nyingchi) shown as boxes with
dashed outlines. EHS: Eastern Himalayan Syntaxis.
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Figure 3.3. Multiple panels showing different aspects of the evolution of the Gangdese

Batholith. (A) Histogram of U-Pb zircon

ages of igneous rocks from the study area.

Horizontal bars show the regional High-Flux Event (HFE, or magmatic flare-ups) at 93
Ma, 50 Ma, and 15 Ma. Age data are from Chapman and Kapp (2017)’s Tibetan

Magmatism Database. (B) Kernel density estimations (KDESs) of cooling ages including

Ar/Ar Biotite ages, zircon and apatite fission-track, (U-Th)He ages. The compiled dataset

can be found in the Supplementary Mate

rials. Grey bars show major cooling events

suggested by the overlapping of the KDEs. The KDEs are generated using MATLAB
fitdist function with the default bandwidth. (C) Exhumation/burial paths constructed
based on bedrock pressure data. Colors of the paths correspond to five sectors. (D)

Crustal thickness estimates in study area based on whole-rock (La/Yb), ratio (Zhu et al.,

2017). Present-day crustal thickness is based on CRUST 1.0 model. (E) Regional
geological events affected the Gangdese Batholith. GT: Gangdese Thrust. GCT: Great
Counter Thrust. EHS: Eastern Himalayan Syntaxis.
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Figure 3.4. Host rock lithology and bedrock pressure data.(A) Host rock lithology along
29.5 °N latitude. (B) Bedrock pressures to the north of the Indus-Yarlung Suture. Error
bar presents the standard deviation. Grey symbols show pressure data without associated
ages. (C) Bedrock pressures with pressure-associated ages. 1 kbar =3.64 km conversion is
used based on the density of crustal rock of 2800 kg/m? and gravitational acceleration of
9.8 m/s?.

Figure 3.5. Field photos showing different lithology in the Gangdese Batholith. (A)
Carbonates of Lower Cretaceous Chumulong Formation near Lhasa. Note the beds have
been tilted but rocks are not metamorphosed. (B) Angular unconformity between
underlying folded Upper Cretaceous Shexing Formation (clastic sedments) and overlying
massive Eocene Linzizong volcanics. Photo taken near Maxiang (40 km to NW of
Lhasa). (C) Middle-lower crust magma mingling and complex deformation near
Nyingchi. (D) Migmatitic gneiss near Nyingchi .
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Figure 3.6. Schematic illustrating the vertical transport of materials within the crust. (A)
Exhumation or burial processes of block of crust (dashed box) tracked by emplacement
pressures (labeled on top of plutons) of two adjacent plutons. Top panel: only surface
erosion, no crustal thickening. Emplacement depth difference equals exhumation and
surface erosion. Middle panel: only crustal thickening, no surface erosion. Emplacement
depth difference equals thickening-induced burial. Bottom panel: simultaneous crustal
thickening and surface erosion. Emplacement depth difference equals exhumation but
does not equal to erosion based on Eq. 1. (B) Kinematics of material transport within the
crust. Arrows indicate the direction (arrowhead) and relative magnitude (arrow length) of
the vertical motion of the parcels of the rocks with respect to the surface. (a) Crust prior
to deformation. (b) Homogenous thickening in crust. (c) Crust is subject to surface
erosion. (d) Crust is subject to simultaneous crustal thickening and surface erosion.
Neutral depth is the depth where the thickening-induced burial is balanced with surface
erosion. z is the depth direction pointing downwards. Origin of z -axis is at the surface.
Modified from Stiiwe and Barr (1998).
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Figure 3.7. Simulated exhumation-burial paths of rocks with different initial depths.
Surface erosion rate and thickening strain rate are varied. Three boxes are highlighted
with gray color showing more or less flat exhumation paths for rocks at an initial depth of
10 km.
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Figure 3.8. Simulated exhumation-burial paths fitted to bedrock data.(A) Simulated
exhumation-burial paths for parcels of rocks at 7 km and 20 km under a thickening strain
rate of 1.6x107%° s and a surface erosion rate of 0.35 km/Myr. These simulated paths
resemble the exhumation-burial paths constrained by the bedrock pressures in the Lhasa
and Wolong sectors during Stage 1. (B) Simulated exhumation-burial paths for parcels of
rocks at 10 km and 30 km and Moho depth at 40 km under a thickening strain rate of
1.4x10% s and a surface erosion rate of 0.65 km/Myr. These simulated paths resemble
the exhumation-burial paths constrained by the bedrock pressures in the Zedong and
Niyingchi sectors and the (La/Yb)s-derived crustal thickness during Stage 3. Crustal
thickness of 40 km is assume at 50 Ma.



107

Stage 1: 90 Ma snapshot
Orogen-perpendicular profile Tectonic & magmatic
. ; thickening for entire crust
Surface erosion

Ssw =

NNE

Tethyan oceanic

southern Lhasa terrane

Stage 3: 45 Ma snapshot
Orogen-perpendicular profile Mainly magmatic thickening

+ some tectonic thickening?

=

SSW Surface erosion i NNE

Indian continental

lithopshere continental crust
i

Exhumation A 1o mantle

4+ 4

*

o el

3 A
Surial

Stage 4: 10 Ma snapshot
Orogen-parallel profile

nal surface erosion Nyingchi EHS
>

= > e

Linzizong volcanics
« 4
+

t %

southern Lhasa terrane crust

3

Fast&

= surface erosior

' TR

+

Exhumation increases towards east and crustal tilting



108

Figure 3.9. Cartoon of snapshots showing the tectonic evolution of the Gangdese
Batholith highlighting the exhumation and burial processes in different depths of the
crust. The color bar with arrowheads indicates the motion of rocks relative to the surface
(exhumation, neutral or burial). (A) During Stage 1 at 90 Ma, the entire crust was
thickened by magmatic inflation and tectonic thickening. Arc root is generated. (B)
During Stage 3 at 45 Ma, the crust was mainly thickened by magmatic inflation and some
tectonic thickening. (C) During Stage 4 at 10 Ma, the eastern part of the section
experienced fast exhumation related to the focused surface erosion at the EHS. The
western part of the section has minimal surface erosion and exhumation. Such differential
exhumation causes the tilting of the crustal section. Note, (A), (B), are shown for orogen-
perpendicular profile, and (C) is shown for orogen-parallel profile. EHS: Eastern
Himalayan Syntaxis.
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Figure 3.S1. Comparison between pressures calculated based on Anderson and Smith

(1995) and Mutch et al. (2016). This figure presents the pressure results with
uncertainties from Anderson and Smith (1995)’s and Mutch et al. (2016)’s calibrations.

The numerical results are presented in Table 1 of the manuscript. Here, sample numbers
are labeled on top of the results. Pressures derived from either method overlap within the
uncertainties (+1 kbar), thus validating the results.
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CHAPTER 4: Magmatic fabrics of the Gangdese Batholith as an indicator of upper
plate deformation and implications for plate convergence between India and Asia

since Late Cretaceous
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ABSTRACT

Magmatic fabrics in plutons are foliations and lineations defined by the shape
preferred orientations of primary igneous minerals that formed before the magma
crystallized completely. Their orientations may represent incremental strain at the pluton
emplacement level and can be used to deduce the directions of regional principal stress
and constrain crustal deformation and kinematics in response to orogenic processes. We
conducted a field study in the eastern Gangdese Batholith in southern Tibet and report
magmatic foliation (n = 287) and lineation (n = 54) measurements from 45 dated plutons
in the Lhasa to Nyingchi transect along the Yarlung River. Overall, both foliation dip and
lineation plunge are moderate to steep and fabric orientations are consistent within each
individual pluton. We explore how magmatic foliation strike directions vary with the
timing of pluton emplacement to constrain deformation in the upper plate during plate
convergence (subduction and collision). Results show that magmatic fabrics orientations
are variable thru time and are grouped into: (1) 100-60 Ma plutons with dominantly
orogen-parallel foliations and sub-vertical lineations, corresponding to orogen-
perpendicular contraction and crustal thickening. (2) 60-40 Ma plutons with orogen-
perpendicular fabrics and sub-horizontal lineations, associated with crustal thinning and a
change in the crustal stress regime from ~N-S contraction to ~E-W contraction. (3) <30
Ma plutons with foliations of variable strikes and sub-vertical lineations indicative of
crustal thickening while the direction of principal stress is unclear. In contrast, foliation
in (meta-)volcanic-sedimentary country rocks in the region show consistent orogen-
parallel orientations indicative of finite strain dominated by orogen-perpendicular

shortening. Kink folds in country rocks suggest orogen-parallel shortening overprinted by
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the orogen-parallel foliation. The kinematics of the kinks in the country rocks are
consistent with the change in the foliation trend observed in the magmatic fabrics. We
interpret pre-collision Late Cretaceous fabrics to record approximate orogen-
perpendicular subduction of the Neo-Tethyan oceanic plate beneath the Asian continent
during the growth of the Gangdese arc. The post-collision fabrics reflect the enigmatic
nature of the India-Asia collision, as well as the complexity of various post-collisional
processes. This study shows that magmatic fabrics can be a useful tool to reveal upper

plate deformation during subduction and collision.

INTRODUCTION

To understand the structure and evolution of orogenic belts in time and how they
are related to plate tectonics, we need to investigate the rock record associated with
tectonic deformation and magmatism to reveal its P-T-t-D (pressure-temperature-time-
deformation) history (e.g., van Kranendonk, 1996; Willner et al., 2000; Labrousse et al.,
2004; Flowers et al., 2006; Beltrando et al., 2010; Hacker et al., 2010; Fossen, 2016).
One of the challenges of revealing the deformation history in a multi-phased orogen is the
lack of constraints on time-dependent incremental strain. Rock fabrics and regional
structures we observe today represent the finite strain that may be associated with
multiple deformational events (e.g., McKenzie & Jackson 1983; England & Houseman,
1986; Martelat et al., 2000; Jolivet, 2001; Cao et al., 2015). The conventional way of
determining the timing of incremental strain relies on detailed regional structural analysis
using cross-cutting relationships or dating of syn-deformation minerals (e.g., Lee et al.,

2000; Leloup et al., 2001; Agard et al., 2006; Tunik et al., 2010). Magmatic fabrics in
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plutons, coupled with their crystallization age, can be a potential tool to track the
incremental strain and the associated regional principal stress (o1) (e.g., Saint Blanquat &
Tikoff, 1997; Paterson et al., 1998, Archanjo et al., 1999; Callahan & Markley, 2003;
Vernon et al., 2008; Zak et al., 2008, de Saint Blanquat et la., 2011; Cao et al., 2015;

Paterson et al., 2019).

Magmatic fabrics are formed when the pluton is at a hypersolidus state during the
transition from a melt-bearing crystal mush to solid rock (Paterson et al., 1989, 1998;
Vernon, 2000; Paterson et al., 2019); therefore, they can track local or regional
incremental strain representing the snapshot of principal stress o1 at the time of
crystallization (e.g., Saint Blanquat & Tikoff, 1997; Archanjo et al., 1999; Paterson et al.,
1998; Vernon et al., 2008; Zak et al., 2008). The alignment of magmatic minerals can
help us understand the processes affecting magma chambers during pluton emplacement
and crystallization (e.g., Balk, 1937; Bouchez, 1997; Callahan & Markley, 2003; Zak et
al., 2008; Payacan et al., 2014; Paterson et al., 2019; Ardill et al., 2020). There are three
end-member mechanisms for the formation of magmatic fabrics (Figure 1), two of which
are due to internal magma chamber dynamics and one is the result of external regional
tectonic strain (Paterson et al., 1998, Barros et al., 2001). Magmatic fabrics related to
flow dynamics inside the magma chamber typically exhibit margin-parallel “onion-skin”
patterns or complex variable orientations at the outcrop scale, contrary to fabrics
associated with regional tectonic strain that display consistent orientation across

kilometers (Figure 1. Paterson et al., 1998; Zak et al., 2008).
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For a magma chamber with 10 km radius, the duration of its hypersolidus state is
~3 Myr constrained by conductive cooling. Therefore, the time from magmatic fabric
formation to complete crystallization is arguably short, in the range of 0.1-1 Myr. The
crystallization ages obtained from U-Pb zircon geochronology can be used to represent
the approximate formation age of the magmatic fabrics since the timescale of pluton
crystallization is typically on the order of 10° yr (Petford et al., 2000; Paterson et al.,
2011). Thus magmatic fabrics can be used as a proxy for regional incremental strain or
snapshot of the maximum principal stress (1) orientation that is perpendicular to the
direction of o1 (Callahan & Markley, 2003; Zak et al., 2008; Cao et al., 2015). The
development of magmatic lineation and foliation can also indicate the general shape of
the incremental strain ellipsoid: constrictional or flattening shape that is associated with
the L- or S-tectonite, respectively. Further, when paired with the depth at which the
pluton was emplaced, the potential differences in incremental strain and stress regimes

along the crustal column can be examined.

The Gangdese Batholith developed as the result of the northward subduction of
the Neo-Tethyan paleoocean plate beneath Eurasia, and the subsequent India-Eurasia
collision (e.g., Yin & Harrison, 2000; Kapp et al., 2007; Ji et al., 2009; 2014; Zhu et al.,
2015). Gangdese plutons are well-exposed in southern Tibet with numerous
crystallization ages spanning from Cretaceous to Neogene (e.g., Ji et al., 2009; Chapman
& Kapp, 2017; Ma et al., 2022). We conduct a field study using in-situ magmatic fabric
measurements recorded along an E-W, orogen-parallel transect to address the following:
How does incremental strain change with the timing of India-Eurasia collision?

Specifically, geological evidence suggests very limited upper plate deformation from 50-
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30 Ma immediately following collision (Kapp et al., 2007), what can the magmatic
fabrics tell us about the crustal strain history pre, syn, and post-collision? Finally, we will
use the strain history derived from magmatic fabrics to evaluate proposed end-member

models of India-Asia collision and paleogeography.

GEOLOGY OF THE STUDY AREA

The Tibetan plateau is the world’s largest and highest active plateau, and it is
supported by thick continental crust up to ~60-80 km thick (Molnar, 1988, 1993; England
& Houseman 1988; Murphy et al., 1997; Owens & Zandt, 1997; Wang et al., 2007; Zhu
et al., 2017). The plateau is the result of the continent-continent collision between India
and Eurasia that began ~55 Ma (e.g., Molnar & Tapponnier, 1975; Murphy et al., 1997,
Yin & Harrison, 2000; Leech et al., 2005; Guillot et al., 2008; Royden et al., 2008;
Najman et al., 2010; Hu et al., 2016; An et al., 2021). The Indus-Yarlung suture separates
the Tethyan Himalaya and Indian lithosphere in the south from the Asian continent in the
north (e.g., Dewey et al., 1988; Yin & Harrison, 2000; Royden et al., 2008; Pan et al.,
2012). Immediately south of the suture lies the Tethyan Himalaya rocks, which are
mainly Cambrian to Eocene sedimentary and low-grade marine metasedimentary units
that were in the Tethyan ocean and passive margin of northern India prior to India-Asia
collision (e.g., Dewey et al., 1988; Yin & Harrison, 2000; Royden et al., 2008). Farther to
the south, the High and Lesser Himalayas are separated by the South Tibetan Detachment
Zone and the Main Central Thrust (e.g., Dewey et al., 1988; Yin & Harrison, 2000;
Searle et al., 2008). North of the Indus-Yarlung suture and located in the southernmost

part of the Asian continent is the Lhasa terrane, which consists of an Archean
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microcontinent in the middle and younger accreted terranes on its north and south flanks
(Zhu et al., 2015). The Lhasa terrane collided with the Qiangtang terrane to the north and
was accreted to southern Asia during Late Jurassic to Early Cretaceous time (e.g., Chang
& Zheng, 1973; Yin & Harrison, 2000; Zhu et al., 2016). Since the Mesozoic, the Lhasa
terrane has been subjected to multiple phases of magmatism and deformation related to
the subduction and collision along its northern and southern margins (e.g., Kapp &
DeCelles, 2019). This resulted in extensive Jurassic to Paleogene igneous rocks including
the voluminous Gangdese Batholith and the Paleocene-Eocene volcanic Linzizong

Formation (e.g., Chung et al., 2005).

The Gangdese Batholith consists of the plutons generated during the ocean-
continent subduction (the Gangdese Arc) as well as the syn- and post-collision igneous
rocks (e.g., Zhang et al., 2014; Zhu et al., 2019). Plutons in the Gangdese Batholith are
mostly diorite, granodiorite, granite, and monzogranite that intrude into the Lhasa terrane
host rock (e.g., Ji et al., 2009). The plutonic rocks formed between the late Triassic and
the Eocene, with major magmatism at ~100 — 90 Ma and ~60 — 50 Ma (e.g., Chapman &
Kapp, 2017). The earlier flare-up event has been attributed to opening of a slab window
following ridge subduction (Meng et al., 2014), while the later magmatic pulse is the
result of the end stages of subduction and slab-mantle processes during collision (Zhu et
al., 2011). Host rocks of the Lhasa terrane include the following sequences (from oldest
to youngest): (1) crystalline basement, overlain by Ordovician, Carboniferous, and
Triassic shallow marine clastic rocks (e.g., Yin et al., 1988). (2) Mesozoic sedimentary
and carbonate rocks which include Jurassic-Lower Cretaceous fluvial and marginal

marine sandstone, shale, and flysch; mid Cretaceous shallow marine limestone; and upper
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Cretaceous fluvial red beds of the Takena Formation (e.g., Zhang et al., 2004). (3)
Paleocene-Eocene volcanics of the Linzizong Formation, mostly andesites and

ignimbrites, that have been dated between 65 - 41 Ma (Lee et al., 2009).

Since the Cretaceous, the deformation history of the Lhasa terrane includes three
major phases: (1) subduction-related upper plate shortening prior to the onset of India-
Asia collision. In the Lhasa area, the upper Cretaceous Takena formation is strongly
deformed and steeply tilted (e.g., Tapponnier et al., 1981; He et al., 2007). Pan (1993)
estimates ~40% shortening prior to Linzizong volcanism. An active thrust belt near Lhasa
in the Gangdese retro-arc was active between 105 — 53 Ma, accommodating ~55% of N-S
shortening (Kapp et al., 2007). (2) Syn-collisional shortening and Miocene thrust faulting
events. The Indus-Yalung suture zone in southern Tibet is bounded by the older
Gangdese thrust (GT) to the north (Harrison et al., 1992) and the younger Great Counter
thrust (GCT) to the south (Heim & Gansser, 1939). These thrust systems developed
between ~30-10 Ma (e.g., Yin et al., 1999), coeval with regional magmatism. They are
interpreted as a late-stage response to India’s collision with Asia (e.g., Gansser 1964).
Growth of the Gangdese thrust system may have caused denudation of the Gangdese
Batholith mainly along the suture (Yin et al., 1994; Laskowski et al., 2018). (3) Post-10
Ma normal faulting. Despite ongoing convergence between India and Asia, the Tibetan
plateau is currently undergoing E-W extension, accommodated by N-S trending rifts
(e.g., Molnar & Tapponnier, 1978). In the Nyainquentanghla region, timing for the onset
of E-W extension has been estimated to be ~8 Ma (Harrison et al., 1995). The largest N-S
trending rift, Yadong-Gulu rift cuts the South Tibetan Detachment System, which places

an upper bound of ~12 Ma for its initiation (Edwards & Harrison 1997).
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It is important to note that the upper Cretaceous Takena Formation is strongly
deformed and steeply tilted, but is unconformably overlain by the sub-horizontal, gently
folded Linzizong volcanic sequence with the oldest date of ~69 Ma (e.g., Leier et al.,
2007), suggesting major upper crustal shortening within the Lhasa terrane occurred prior
to the onset of Asia-India collision. Furthermore, compared to the overlying Cretaceous
volcano-sedimentary strata, the exposed Cretaceous granitoids show little deformation
(Kapp et al., 2005). One possible explanation is that the upper crustal shortening was
accommodated in the lower-middle crust by rigid-body underthrusting of the Lhasa
terrane beneath the northern Qiangtang terrane during the Cretaceous (Kapp et al., 2003).
Finally, the eastern Gangdese Batholith was recently recognized as a tilted crustal
section. In Chapter 3, we applied Al-in-hornblende barometry to Gangdese plutons in an
orogen-parallel transect from Lhasa (~90°E) to Nyingchi (~95°E) and found bedrock
pressures increase from 1-2 kbar in the west near Lhasa to 6-12 kbar in the east near
Nyingchi (Cao et al., 2020). However, the mechanisms responsible for tilting the

Gangdese Batholith are not well-understood.

METHODS

Magmatic fabric measurements were taken from the eastern portion of the
Gangdese Batholith in 2018. We targeted granitoids exposed from Lhasa to Nyingchi (90
- 95°E), immediately north of the Indus-Yarlung suture (Figure 2). Most of these plutons
have been cataloged with known U-Pb zircon ages in the Tibetan Magmatism Database
(Chapman & Kapp, 2017) facilitating our attempt to couple magmatic fabrics with pluton

ages. In-situ orientation measurements of foliations and lineations defined by the
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alignment of euhedral-subhedral magmatic plagioclase, biotite, and amphibole were
recorded using a combination of the digital mapping software FieldMove and traditional
Brunton compass. Up to 30 measurements were made for each pluton exposure, which
are typically single outcrops spanning tens to a hundred meters. Where available, fabric
measurements were recorded from multiple outcrops associated with the same pluton.
This helped in determining whether the magmatic fabrics are the result of internal
chamber dynamics (varying orientations) or snapshots of regional stress regimes (similar
orientations) as well as ensuring statistical robustness. Fabric orientations were taken
from massive, in-place granitoids, with the assumption that they have not experienced
significant rotation relative to the Indus-Yarlung suture. It has been proposed that the
eastern Gangdese Batholith underwent a westward tilting of ~30 km over a linear
distance of ~400 km (Cao et al., 2020). While this process does affect the orientation of
the fabrics, the resulting westward rotation of ~4° is negligible. In addition to magmatic
fabrics, we also recorded fabric and bedding orientations of the host rocks. Due to logistic
reasons involving dam construction on the Nyang River and active landslides along the

river valley, data collection between 92 - 94°E was limited.

To ensure the fabrics are magmatic in nature without modification of subsolidus
deformation, we examined the thin sections under an optical microscope. To be
magmatic, the fabrics must meet the following criteria (e.g., Paterson et al., 1989; 1998):
First, the sample should contain mostly primary igneous minerals, and the magmatic
fabrics are indicative of the shape-preferred orientations of plagioclase, K-feldspar,
hornblende, biotite, muscovite. Second, for minerals to be associated with magmatic

flow, the mineral grains (including quartz) should be euhedral to subhedral, with no
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evidence of subsolidus strain. Fabrics associated with subsolidus deformation will show
alterations, recovery textures, microstructures related to diffusion or pressure solution,

recrystallized grains, and/or relict porphyroclasts with subgrains or fractures.

Fabric data were first imported into MATLAB, and the following post-processing
routines were applied. The strike of the Indus-Yarlung suture undergoes an apparent
northward bend (rotated counterclockwise 45° from E-W trend) east of 94°E which is
likely to be associated with the formation of the eastern Himalayan syntaxis since ~10
Ma (e.g., Cao et al., 2020). Since plutons are older than 10 Ma, we rotated fabrics
collected from plutons near Nyingchi (east of 94°E) clockwise for 40°. In order to show
the relationship between fabric orientation relative to the Indus-Yarlung suture, we
converted measurements of foliation strike and lineation trend from azimuth (0-360°) to
the equivalent 1st quadrant (0-90°) representations. Therefore, 0° means it’s
perpendicular to the suture, while fabrics parallel to the suture would show orientations of
90°.

Stereonet11 software was used for visualization of fabric data in stereonet
projections, as well as calculations of foliation poles, averaging, and contour fitting using
the cylindrical best fit method (Allmendinger et al., 2011). Histogram plot, box plot, and
Kernel density estimation plot were produced using a Python script. GPlates (Muller et

al., 2018) was used for plate kinematic information presented in the discussion.
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RESULTS

Magmatic fabrics on outcrops and thin sections

Figure 3 shows magmatic fabrics on outcrops of Gangdese plutons. The foliations
are generally moderate to strong, and are defined by the linear alignment of plagioclase,
hornblende, and biotite visible on fresh surfaces of granodiorite. Most plutons exhibit a
dominant, single set of foliations, with varying strikes and dipping steeply (> 45°).
Magmatic lineations defined by plagioclase, hornblende and biotite are relatively weaker
compared to foliation. When present, lineations plunge sub-vertically with varying trend.
Some plutons contain abundant mafic enclaves on the scale of centimeters, with their

long axes parallel to the trace of magmatic foliation (Figure 3C).

A representative of magmatic fabrics in thin sections is shown in Figure 4. The
microphotograph is taken in plain light and consists largely of plagioclase, hornblende,
biotite, quartz, and K-feldspar. There is a prominent linear pattern involving the shape-
preferred orientations of elongated euhedral hornblende (green). Throughout this sample
and in all other plutons where magmatic fabric measurements were taken, we observe
single crystals of mostly euhedral mineral grains with little to no evidence of
intracrystalline strain. We do not identify any alterations, recovery textures,
microstructures related to diffusion or pressure solution, recrystallized grains, nor relict
porphyroclasts with subgrains or fractures. Thus, the microstructures and the associated
foliations are indeed magmatic fabrics formed by magmatic flow during suspension, not

grain-supported solid-state deformation.
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Orientations of magmatic fabrics in space and time

We report in-situ magmatic foliation (n = 287) and lineation (n = 54)
measurements from 45 plutons of known ages in Figure 5. The locations of individual
plutons and their foliation measurements are shown in Figure 2. When all foliation and
measurements are shown in Figure 5A, their strikes show significant variance (0-360°),
with mostly moderate to steep dips (>45°). Magmatic lineations are typically associated
with steep plunge (>45°) with a few having shallow plunge (Figure 5C). Figure 5B
shows a histogram of all foliation measurements based on their equivalent 1st quadrant
(0-90°) orientation relative to the orogen. There is significant scattering in the data shown

in Figure 5A&B probably because fabrics can vary both with time and space.

We make a stereonet plot (Figure 5D) to show the means of great circles (best fit
circle) representing different time groups (Pre-80 Ma, 80 — 60 Ma, 60 — 40 Ma, Post-40
Ma). In general, fabrics formed before 60 Ma are orientated orogen-parallel (E-W),
contrasting the orogen-perpendicular (N-S) orientations for fabrics formed after 60 Ma.
To better visualize how magmatic foliations change with time, we make a boxplot with a
bin size of 5 Myr and color-coded the bins based on their longitudinal positions (Figure
12B). The same time progressive trend of orogen-parallel fabrics pre-60 Ma, transitioning
to orogen-perpendicular fabrics post-60 Ma is confirmed. The exception to this trend are
plutons emplaced near 90°E longitude, where both ~80 and ~50 Ma groups from this
region show orogen-parallel fabrics with their equivalent 1st quadrant orientations of
~30°. Similarly, we show a time-progressive boxplot of magmatic lineation in Figure

15D and found that pre-60 Ma lineations are generally steep, with sub-vertical plunge of
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~70°. 60 - 50 Ma lineations show a shallowing trend in their plunge angles, from ~80° to

~40°. Another shift back to sub-vertical plunge (~70°) is observed ~30 Ma.

To visualize how fabrics change with longitude, we present a series of ridgeline
plots showing the density distribution of magmatic foliation orientations based on their
longitude groups (Figure 6). The results show 93-95°E plutons record mostly orogen-

parallel fabrics, contrasting the orogen-perpendicular fabrics found in plutons of 90-93°E.

Orientations of host rock fabrics

Ductile deformation in the host rocks varies from weak to strong, reflected by
phyllitic layering to gneissic banding (Figure 7). Here we use the term foliation which
includes both low- and high-grade fabrics such as cleavage, schistosity, and gneissosity.
Depending on the protolith, foliation is defined by the alignment of micas, hornblende,
quartz, deformed relic clasts in lower grade metamorphic rocks as well as compositional
bands in gneiss. Where exposures allow, both foliation (n = 167) and bedding (n = 201)
orientations were recorded (Figure 8). In most cases, the orientation of foliation and
bedding are the same (Figure 7C, 8). The host rock fabrics are dominated by orogen-
parallel (E-W) strike that dip moderately to the north. In Figure 9 we show the locations
where the host rock fabrics were taken. While some variance exists in the foliation strike
directions, we confirm the majority of the fabrics are orogen-parallel, without any spatial

trend.
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DISCUSSION

Comparison between host rock and magmatic fabrics

Host rock fabrics are the expression of finite strain, a record of cumulative
deformation from its deposition to the present. Host rocks of the study area consist of
Mesozoic volcanic-sedimentary rocks of various metamorphic grades. The clear E-W
orogen-parallel trend of host rock fabrics indicates that the dominant regional principal
stress (o1) has been N-S since the Mesozoic. These host rock fabrics are bedding-parallel.
Both foliation and bedding are consistently east-west striking and dipping moderately to
the north (Figure 8). We interpret these structures to represent the Mesozoic to early
Cenozoic subduction of the Neo-Tethyan plate beneath the Eurasian plate (e.g., Yin &

Harrison, 2000).

In contrast to the consistent fabric orientation of the host rocks, magmatic fabrics
of the Lhasa-Nyingchi region are variable (Figure 5). However, as shown in Figure 6, a
longitudinal trend is identified that changes from primarily orogen-perpendicular (N-S)
fabrics to the west to orogen-parallel (E-W) fabrics to the east. Since our fabric data
coverage is concentrated in the Lhasa region (90°E - 92°E), we isolated both host rock
and magmatic fabrics data from the area (Figure 10). While some scattering exists for the
magmatic fabrics shown in (Figure 10B), the concentration of magmatic foliation poles
indicates that the dominant foliation direction is north-south or orogen-perpendicular,
different from the east-west orogen-parallel fabrics of the host rock. Since magmatic
fabrics record regional incremental strain at the time of solidification, the scattering of

magmatic fabric orientations implies transient shifts to the direction of regional principal
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stress (o), and the weak trend of orogen-perpendicular (N-S) orientation of the magmatic
fabrics signifies the dominant direction of regional principal stress (o1) is orogen-parallel

(E-W) during pluton emplacement.

We interpret the difference between the orientation of magmatic fabrics in the
Lhasa region (orogen-perpendicular) and those of the host rock (orogen-parallel) to
signify changes in regional principal stress (o1) orientations during the transition from
subduction to collision. The cumulative finite strain recorded by the host rock reveals an
orogen-perpendicular (N-S) contraction likely related to Mesozoic northward subduction
of the Neo-Tethys beneath Eurasia. Subsequent magmatism during the Cenozoic is
associated with N-S magmatic fabrics corresponding to regional principal stress direction
that is oriented orogen-parallel. While host rock fabric orientations differ from the
magmatic fabrics, we found kink bands in the host rock outcrops with their kink planes at
a high angle to the E-W direction (Figure 11), which we interpret to result from the same

orogen-parallel contraction that formed the N-S magmatic fabrics.

Correlation between magmatic fabrics and plate kinematics

The magmatic fabrics of the Gangdese batholith record how the upper plate strain
is accommodated during the transition from ocean-continent subduction to continent-
continent collision. The assumption of using magmatic fabrics to address tectonics is that
the magmatic fabrics reflect the regional incremental strain rather than magma-chamber
dynamics (see discussion on limitations). In Figure 12 we compare the temporal history
of magmatic foliation orientations with the kinematics of the subducting Indian plate

derived from GPlates (Miller et al., 2018). The kinematics plot (Figure 12A) is
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constructed using the model predicted motions of Indian plate relative to the stable Asian
interior (Tarim plate). The convergence rate and angle curves show the same pattern as

suggested by other studies (e.g., Copley et al., 2010).

Throughout the Late Cretaceous to Early Paleocene (90-60 Ma), convergence
between India and Asia was near perpendicular (Figure 12A). The “head-on”
convergence is associated with the subduction of the Neo-Tethyan ocean. The plate
convergence rate increases from ~40 km/Myr to a peak value of ~160 km/Myr directly
before collision. Magmatic foliations are generally subparallel to the orogen for plutons
that crystallized during this time, except for fabrics from plutons collected ~90°E
longitude; these are more orogen-perpendicular. Such dominant orogen-parallel
magmatic fabrics have also been observed in the Late Cretaceous Sierra Nevada
Batholith (e.g., Cao et al., 2015), and suggest the direction of principle stress oy is

orogen-perpendicular, associated with contractional plate boundary forcing.

From 60 to 30 Ma, the convergence rate drops back down to Late Cretaceous
values (~50 km/Myr). Magmatic foliations show a significant change in orientation from
orogen-parallel to orogen-perpendicular (Figure 12B). Such changes in magmatic fabric
orientations have been interpreted to reflect changes in plate motion, resulting in a switch
from arc-perpendicular contraction to dextral transpressive for the Mesozoic central
Sierra Nevada arc, marking the initiation of oblique convergence between the Farallon
and North American plates (Cao et al., 2015). However, for the Gangdese arc, the change
in magmatic fabric orientation ~60 Ma is not justified by changes to India-Asia
convergence angles. As shown in Figure 12A, the convergence angle between India and

Asia remains perpendicular. Therefore, while the magmatic fabrics pre 60 Ma are the
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result of perpendicular subduction of the Neo-Tethyan oceanic plate, the change in
magmatic fabric orientations at ~60 Ma does not show a strong correlation to plate
kinematics. Given the initial India-Asia collision age of ~60 Ma (e.g., Guillot et al., 2008;
Hu et al., 2016; An et al., 2021), the nature of the transition from subduction to collision
may have altered the crustal stress regime significantly. Further, the absence of tectonic
deformation in the geologic record during the period between collision initiation (60 - 55
Ma) and activation of Gangdese Thrust (~30 Ma) is demonstrated by the preservation of
the Eocene Linzizong Formation (e.g., Lee et al., 2009) in the Lhasa region, a sub-
horizontal volcaniclastic strata that is gently folded (Figure 13). In Figure 12B we show
magmatic fabrics formed between 60-30 Ma exhibit orogen-perpendicular fabrics, a shift
from orogen-parallel fabrics formed in the Late Cretaceous. Thus, Eocene orogen-
perpendicular fabrics in the upper crust are consistent with the argument that southern
Tibet underwent minimal N-S contractional strain related to the India-Asia collision (e.g.,

Murphy et al., 1997).

Post-30 Ma, the convergence rate remains steady around ~50 km/Myr (Figure
12A). Magmatic foliation data for this period are limited to the eastern Lhasa region but
shows considerable scattering with both orogen-perpendicular and orogen-parallel fabrics
(Figure 12B). This variability may be due to a change in the Indian plate convergence
angle, which shifts from near perpendicular (~90°) to an oblique angle of ~45° at around

20-15 Ma (Figure 12A).
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Correlation between magmatic fabrics and crustal thickness

In addition to providing a record of regional principal stress orientations,
magmatic fabrics can be used to interpret vertical crustal flow within the orogen (e.qg.,
Benn et al., 2001). Field observations from convergent orogens during crustal thickening
show constrictional strain corresponding to steep, sub-vertical lineations (e.g., Fossen &
Tikoff, 1998; Poli & Oliver 2001; Cao et al., 2016). In contrast, fabrics associated with
crustal thinning and extension are associated with sub-horizontal orientations (Klepeis et
al., 2009). In Figure 14D we show the magmatic fabric lineation plunge angle since the
late Cretaceous and identify 3 distinct stages: Pre-collision (100 - 60 Ma), magmatic
lineations are sub-vertical. Syn-collision (60 - 50 Ma), fabrics orientations switch from
sub-vertical to sub-horizontal, corresponding to the change of from crustal contraction to

extension. Post-collision (50 - 30 Ma), fabric orientations switch back to sub-vertical.

The crustal construction-extension history derived from magmatic lineation and
foliation orientations supports the exhumation/burial paths constrained using bedrock
pressures (Cao et al., 2020) and is consistent with Tang et al. (2021) crustal thickness
estimates using Eu anomalies in zircon. Pre-collision 100 - 60 Ma magmatic foliations
are orogen-parallel, lineations are sub-vertical, with Al-in-hornblende barometry showing
burial and thickening. We interpret this period to represent crustal thickening during
normal subduction and continental arc magmatism. Syn-collision 60 - 50 Ma magmatic
foliations and lineations both undergo a marked transition (orogen-parallel to orogen-
perpendicular foliations, sub-vertical to sub-horizontal lineations), coeval with bedrock
exhumation and crustal thinning. These changes may reflect the change of stress regime

from contractional to extensional, associated with crustal thinning during the transition
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from subduction to collision. Post-collision 50 - 30 Ma foliations are variable, and
lineations switch back to sub-vertical. Bedrock pressure data indicate burial during this
time and the crust is thought to thicken. This phase of crustal thickening may be related
to the activation of regional thrust systems as well as horizontal underthrusting of the
Indian lithosphere. While the multiple datasets outlined above and presented in Figure 15
does show remarkable consistency, some temporal mismatch does exist which can be

attributed to the coarse resolution of the available magmatic fabrics data.

Meanwhile, our crustal thickness history disagrees with the findings of Sundell et
al. (2021), which predict crustal thinning between 90 - 70 Ma. The pre-collisional crustal
thinning is used to argue for the late Cretaceous rifting of the Xigaze backarc, and the
resulting Xigaze island arc that collided with India ~60 Ma (Figure 14B). Therefore, the
orientations of both magmatic foliation and lineation favor the continental or
microcontinent collision model involving the existence of the Greater India Basin north

of the Indian lithosphere (Figure 14C).

Correlation between magmatic fabrics and convergence models

There is much controversy surrounding India’s paleogeography and history of the
India-Asia collision. The conundrum revolves around the observation that oceanic
subduction spanning the entire plate margin ceased after the initial collision ~60 Ma (e.g.,
Ding et al., 2005), rendering the system continental (Replumaz et al., 2010; Searle et al.,
2019). Shortening, extrusion, and horizontal underthrusting only sum up to a small
portion of the total convergence, while most of the convergence between India and Asia

since the collision is unaccounted for (e.g., van Hinsbergen et al., 2019).
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There are three end-member models explaining the convergence between India
and Asia since 60 Ma (van Hinsbergen, 2022). The conventional continental subduction
model (Model C) predicts a large portion of the Indian continental lithosphere was
subducted deeply into the mantle (Figure 14A, e.g., Ingalls et al., 2016). Alternative
models invoke the existence of oceanic lithosphere to the north of Tibetan Himalaya
(Model A) and initial collision with rifted Xigaze intraoceanic arc (Figure 14B,
Tapponnier et al., 1981; Aitchison et al., 2007; Jagoutz et al., 2015; Kapp et al., 2019;
Martin et al., 2020); or to the south (Figure 14C, van Hinsbertgen et al., 2012; 2019), as
demonstrated by the proposed Greater India Basin and the collision with the Tibetan
Himalaya microcontinent (Model M). In the latter 2 models, the proposed oceanic

lithosphere is subducted after the initial collision.

For magmatic fabrics of the Gangdese batholith to switch from orogen-parallel to
orogen-perpendicular orientations, an interruption to Late Cretaceous Neo-Tethyan
oceanic subduction is needed at the southern Lhasa plate margin. Of the 3 end-member
models described above, the continental subduction scenario (Figure 14A) suggests a
change from oceanic to continental subduction, but this change in subduction material
should cause enhanced friction and continue to produce orogen-parallel fabrics. In the
case of the oceanic lithosphere to the north of the collision zone (Figure 14B), the Xigaze
terrane rifts southward away from Asia during late Cretaceous and collides with India at
~60 Ma, and subduction along the southern Lhasa margin is thought to be continuous
from late Cretaceous until ~45 Ma (Kapp et al., 2019). Therefore little change takes place
at ~60 Ma along the southern Lhasa plate boundary to warrant the change in fabric

orientations. For the last case (Figure 14C), the initial ~60 Ma collision involves the
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Tibetan Himalaya microcontinent north of the Indian lithosphere separated by an oceanic
lithosphere called the greater India basin (van Hinsbergen et al., 2012). In this scenario
subduction at the southern Lhasa margin ceased after initial collision with Tibetan
Himalaya and jumped southward. The termination of subduction and subsequent
accretion of Tethyan Himalaya is a major reconfiguration of plate dynamics and may
have altered the regional crustal stress regime during the transition from oceanic
subduction to terrain accretion. Therefore, the microcontinent model which predicts the
~60 Ma collision of Tibetan Himalaya with Asia and the existence of the Greater India
Basin north of the Indian lithosphere may be compatible with the observed switch from

orogen-parallel to orogen-perpendicular fabrics.

Post 30 Ma, magmatic foliation orientations become more variable with both
orogen-perpendicular and orogen-parallel fabrics present (Figure 12B). Seismological
imaging reveals that the Tibetan lithosphere contains horizontally underthrusted crust and
mantle lithosphere of Indian plate affinity (Nabelek et al., 2009; Replumaz et al., 2010;
Agius & Lebedev, 2013; van Hinsbergen et al, 2019). The onset of underthrusting of the
Indian lithosphere is thought to take place around 28 Ma at the syntaxis, and ~15 Ma at
the longitude of Bhutan (van Hinsbergen et al., 2019; Qayyum et al., 2022). The
underthrusting event may have altered the regional stress regime and affected the
orientations of the magmatic fabrics. In summary, magmatic foliations of the Gangdese
batholith record regional principal stress direction that is orogen-perpendicular pre-60
Ma, reflecting normal subduction of the Neo-Tethyan ocean. Since the initial collision
~60 Ma, the dynamics of the southern Lhasa plate boundary become quite complex, with

possible terrain accretion, backarc rifting, slab roll back, crustal extrusion, and
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underthrusting complicating the preserved magmatic fabrics signal. The change of
convergence style from typical ocean-continent subduction to complex continent-
continent convergence obscures the correlation between magmatic fabrics and plate
kinematics. Therefore, post initial collision the upper Lhasa block may not be influenced
by the N-S compressive stress associated with plate convergence as strongly as pre-

collision, which may result in changes to the style and locus of tectonic deformation.

Assumptions and limitations

The main assumption in this study is the use of magmatic fabrics as a proxy for
regional tectonics. We assume the magmatic fabrics are the result of regional incremental
strain and snapshots of the maximum principal stress (o1) at the time of pluton
emplacement. However, some fabrics maybe related to processes within the magma
chamber. While efforts were made during data collection to avoid fabrics due to internal
chamber dynamics, detailed mapping of individual plutons and better data coverage are
needed to minimize this uncertainty. The fabrics measurements were taken in-situ, from
massive outcrops of granitoids, with the assumption that they have not experienced
significant rotation during the exhumation. Based on the geology of the study area, only a
few thrust faults have been recognized (Gangdese thrust, e.g., Yin et al., 1994) and our

fabric data are all located in the upper plate.

While fabrics data were correlated to time, we did not consider how emplacement
depth can affect fabric orientations. Of the 45 plutons where magmatic fabrics
measurements were taken, 11 plutons have their emplacement depths determined (Cao et

al., 2020). In Figure 16 we couple fabric data with depth and plot the magmatic foliation
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strike orientations. 8 plutons were emplaced at 10 km or less (Figure 16A), while 3 were
emplaced between 20 - 30 km (Figure 16B). The results show shallow plutons record
mostly orogen-perpendicular fabrics, whereas the orogen-parallel fabrics are found in
deeper plutons, consistent with host rock fabric orientations. For plutons with unknown
emplacement depths, we can an approximate their emplacement depths based on the
westward tilting trend of the eastern Gangdese crust (Cao et al., 2020). Surprisingly, the
westernmost fabrics near the 90°E longitude interpreted to represent the shallow upper
crust did not experience any orientation changes since the Late Cretaceous, while fabrics
associated with the deeper crust to the east underwent a shift from orogen-parallel to
orogen-perpendicular orientations pre- and syn-collision (Figure 12B). This discrepancy
in principal stress orientations between the upper and mid crust may suggest that tectonic
deformation and magmatism in different crustal levels are decoupled (e.g., Klepeis et al.,
2004; Tornos et al., 2005; Wang et al., 2011). Furthermore, certain tradeoffs may exist
between depth and temporal effects on fabric orientations, which warrant future studies.
Studies comparing fabrics from other magmatic orogens are needed. However, there are
no systematic research done on other major batholiths documenting how magmatic

fabrics change with depth.

CONCLUSION

Magmatic fabrics of the eastern Gangdese Batholith are interpreted to represent
incremental stain at the time of pluton emplacement and used them to deduce the
directions of regional principal stress 61 as well as the expected response in crustal

deformation. Through a field study in southern Tibet, we report magmatic foliation (n =
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287) and lineation (n = 54) measurements from 45 dated plutons in the Lhasa to Nyingchi
transect. While the host rock fabrics show consistent orogen-parallel orientations
indicative of orogen-perpendicular finite strain since the Mesozoic associated with N-S
contraction resulting from India-Asia convergence, magmatic fabrics orientations are
variable thru time and are grouped into: (1) 100 - 60 Ma plutons with dominantly orogen-
parallel foliations and sub-vertical lineations, (2) 60 - 30 Ma plutons with orogen-
perpendicular fabrics and sub-horizontal lineations, and (3) <30 Ma plutons with variable
foliations and sub-vertical lineations. We interpret pre-collision late Cretaceous fabrics to
record normal convergence of the Neo-Tethyan subduction and thickening of the
Gangdese crust, while syn-collision 60 - 30 Ma fabrics represent a change in crustal
stress regime from contraction to extension, leading to crustal thinning. Post-collision
<30 Ma fabrics signal another switch back to crustal thickening without a clear, dominant
stress regime, perhaps due to the array of post-collisional processes such as horizontal
underthrusting of India lithosphere and changes in plate convergence angle. Our fabrics
data is compatible with the Greater India Basin hypothesis (van Hinsbergen et al., 2012,
2019), and highlights the geodynamic complexities during and after India-Asia

continental collision.
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Figure 4.1. Cartoon showing the coupling of magmatic fabrics in plutons (pink) with
regional host rock strain. (A) Decoupled system showing complex internal flow. (B)
Decoupled margin-parallel pattern associated with magma chamber dynamics. (C)
Coupled magmatic foliation and regional deformation. Note the orientation of the
regional principal stress (o1) is orthogonal to the resulting fabrics. Modified from
Paterson et al. (2019).
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Figure 4.2. Topographic map of the Lhasa-Nyingchi study area showing locations of in-
situ magmatic fabric measurements (purple dots). Colored shading represents pluton
emplacement pressures using IDW interpolation. This area is an example of a tilted
crustal section, exposing deeper (~10 kbar) rocks to the east (Cao et al., 2020). Red
highlight is used to indicate emplacement pressure is known for the pluton.
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Figure 4.3. Field photos showing magmatic fabrics on outcrops from four different
Gangdese plutons. The shape-preferred orientation of plagioclase, hornblende, and biotite
mineral grains are linearly aligned, forming magmatic foliations with various
orientations. Vertically (A) and horizontally (B) oriented foliations. (C) Mafic enclaves
are present in some plutons, their long axes paralleling the direction of magmatic
foliation. (D) Euhedral lath-shaped hornblende crystals.
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Figure 4.4. Microphotographs of representative thin sections in plain light, showing the
shape-preferred alignment of elongated euhedral hornblende (green). Plutons emplaced in
the shallow upper crust include sample XCT58 (A), with a crystallization age of 46.4 Ma
and 1.9 kbar emplacement depth; sample 11-10 (C), located near Lhasa with 44.5 Ma
crystallization age and 2.1 kbar emplacement depth. Examples of plutons emplaced in the
mid-lower crust include sample 7-14 (B), with a crystallization age of 88.7 Ma, and an
emplacement depth of 6.8 kbar; sample ML04 (D), located near Nyingchi with a
crystallization age of 86.5 Ma and an emplacement depth of 7.5 kbar. Sample age and
depth data are taken from Cao et al. (2020).
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Figure 4.5. Plots of magmatic fabric data. (A) All measurements of magmatic foliations
(n = 287) with their poles projected in the lower hemisphere stereonet. The majority of
the foliations dip steeply. (B) Histogram of all magmatic foliation strike measurements
converted to their equivalent 1st quadrant orientations. (C) All magmatic lineations (n =
54). (D) Temporal averages of magmatic foliation measurements showing the orogen-
parallel (E-W) fabric orientations pre-60 Ma (blue and green lines) contrasting the
orogen-perpendicular (N-S) fabrics post-60 Ma (pink and yellow lines).
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Figure 4.6. Magmatic foliation strike measurements binned based on longitude
(westernmost at the top, progressively more east downward). The strike measurements
are converted to their equivalent 1st quadrant orientations. Note a shift from primarily
orogen-perpendicular fabrics in the west to orogen-parallel fabrics in the east.



150

B o S ST

¥ o et
[t B 3 d & 9

Figure 4.7. Field photos of Gangdese host rocks showing: (A) wavy phyllitic foliation,
(B) kink bends, (C) gneiss in between 2 layers of shale, where cleavage parallels
bedding, and (D) package of steeply dipping beds.
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Figure 4.8. Stereonet plot of host rock bedding (A) and cleavage (B) orientations
showing their poles. Each black dot represents a single measurement. Contours were
fitted to show the concentration of data.



Figure 4.9. Topographic map of the Lhasa-Nyingchi study area showing locations of in-
situ host rock fabric measurements (brown dots). Colored shading represents pluton
emplacement pressures using IDW interpolation. Host rock fabrics were measured in-situ
and foliation strike directions are plotted using equal-area stereonet projection.
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Figure 4.10. Stereonet plot of (A) host rock cleavage and (B) magmatic foliation
orientations of the Lhasa region (90°E - 92°E) showing their respective poles. Each black
dot represents a single measurement. Contours were fitted to show the concentration of
data.
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Figure 4.11. Outcrop photo of weakly deformed phyllite showing kink folds with their
kink planes at a high angle to the E-W direction, resulting from E-W contraction.
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Figure 4.12. Comparison of plate kinematics history between India and Asia. (A) and
magmatic foliation orientations relative to the orogen color-coded by longitude (B).
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Panels C, D, and E, summarizes the major geological events associated with the three
end-member models for India-Asia collision. Plate kinematics (Indian plate motion
relative to Tarim basin (black line) and Indian plate velocity azimuth (red dashed line) are
calculated using GPlates (Muller et al., 2018).
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Figure 4.13. Field photo taken near Lhasa showing folded Upper Cretaceous Shexin
Formation (lower light gray) unconformably below weakly deformed Eocene Linzizong
volcanics (upper dark unit). The deformation of the Linzizong Formation is thought to
take place 30-10 Ma (Pan & Kidd, 1999).
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Figure 4.14. Paleogeographic maps for three end models at the time of initial India-Asia
collision ~60 Ma. (A) Fully continental Greater India and subduction of the crustal
lithosphere. (B) Intraoceanic arc collides with India around the equator due to rifting of
the Xigaze backarc. Subsequent collision of India with Asia occurs at ~40 Ma (e.g. Kapp
et al., 2019). (C) Initial collision with the Tibetan Himalaya microcontinent and the
existence of the Greater India Basin north of the Indian lithosphere. Modified from van

Hinsbergen (2022).
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Figure 4.15. Evolution of the Gangdese crust inferred from various proxies. (A) Upper
and mid to lower crust exhumation history derived from bedrock pressures (modified
from Cao et al., 2020). (B) Crustal thickness estimates from zircon Eu anomalies (Tang et
al., 2021) and whole rock La/Yb-Sr/Y ratios (Sundell et al., 2021). (C) Temporal history
of magmatic foliation strike orientations relative to the orogen color-coded by longitude.
(D) Temporal history of magmatic lineation plunge angles. Sub-vertical lineations are
associated with crustal thickening, while sub-horizontal plunges indicate crustal thinning.
(E) Summary of geological events of the Gangdese crust.
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Figure 4.16. Magmatic foliation strike orientations grouped by pluton emplacement
depth. (A) Fabrics of shallow plutons emplaced in the upper 10 km. (B) Fabrics of deeper
plutons emplaced between 20 - 30 km. The shallow plutons record mostly orogen-
perpendicular fabrics, contrasting the orogen-parallel fabrics found in deeper plutons.
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ABSTRACT

The eastern Himalayan syntaxis (EHS) is one of the fastest exhuming regions on Earth
since ~10 Ma. While multiple models such as crustal buckling, syntaxis expansion,
adjustment of river incision, and tectonic aneurysm have been proposed to explain the
evolution of the EHS, the mechanism of its fast exhumation is still under debate. Previous
studies have mostly focused on using thermochronology to investigate the exhumation
history of the EHS. Here we perform numerical simulations to quantify the effects of
erosion-driven exhumation on the lithosphere using a 2-D thermo-mechanical finite
difference code implemented with visco-elasto-plastic rheology and particle-in-cell
approach. Results show that constant, focused surface erosion (5 km/Myr) is able to
exhume lower crust of >40 km on the timescale of ~10 Myr, produce high topography,
and generate partial melt. Erosion-driven advection elevates the local geothermal gradient
and reduces crustal viscosity, promoting tectonic deformation. Exhumation is sustained
by isostatic flow resulting from lithostatic pressure difference and amplified by the
occurrence of crustal diapirism, associated with the presence of hot and buoyant molten
rocks in the weakened advection channel. Such diapiric upwellings trigger a rapid
acceleration in rock uplift rates to values greater than the driving erosional forcing and
causes surface uplift, resulting in a central bulge that exceeds the surrounding elevation.
Our erosion-driven exhumation model demonstrates the intricate coupling between
surface erosion and rock uplift, as well as the active role of surface erosion in driving
tectonic evolution. To establish a long-lasting positive feedback between surface erosion
and rock uplift through our erosion-driven model is possible, but both high surface

erosion rate (>10 km/Myr) and topographic diffusivity (10* m?/s) are necessary.
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INTRODUCTION

Studies from multiple orogenic systems (e.g., Himalaya, Taiwan, European Alps)
reveal the important role of surface erosion in driving deep crustal processes (e.g.,
Gilchrist et al., 1994; Willett, 1999; Zeitler, 2001; Beaumount et al., 2001; Dadson et al.,
2003; Bishop, 2007; Braun et al., 2014; Olive et al., 2014; Steer et al., 2014). Surface
erosion may alter the lithospheric stress state, elevate the regional geothermal gradient,
and in turn affect the rheology of the lithosphere (e.g., Davis et al., 1983; Dahlen et al.,
1984; Liu et al., 2020; Molnar & England, 1990; Braun et al., 2014; Cao et al., 2020).
The linkage between surface erosion and solid earth processes are best manifested in
areas where erosion is spatially focused and the erosion rate is high (e.g., Zeitler et al.,
2001, 2014). One of the best places to investigate the interaction between surface and
solid earth processes is the eastern Himalayan syntaxis (EHS), also known as the Namche
Barwa massif in southern Tibet (Figure 1) (e.g., Wadia, 1931; Gansser, 1980). The EHS
is located at the eastern terminus of the Himalayan orogen belt where the Indian crust is
tectonically juxtaposed against the Asian crust (e.g., Burg et al., 1998; Zhang et al.,
2004). The EHS is characterized by extreme topographic relief (Korup et al., 2010;
Larsen & Montgomery, 2012), intense deformation (e.g., Burg & Podladchikov, 1999;
Ding et al., 2001; Zhang et al., 2004), high-grade metamorphism and partial melting (e.g.
Booth et al., 2009; Zeitler et al., 2014; Tu et al., 2016), and a focused “bullseye” pattern
of rapid exhumation (>5 km/Myr) since the Miocene (e.g. Burg et al., 1988; Burg et al.
1997; Ding et al., 2001; Gong et al., 2015; Lang et al., 2016; King et al., 2016; Bracciali
etal., 2016; Wang et al., 2016; Yang et al., 2017; Govin et al., 2020). Recent studies

show the exhumation rate of the EHS has not been uniform since ~10 Ma (Gong et al.,
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2015; Govin et al., 2020). Gong et al., (2015) suggested an acceleration in rock

exhumation rates since 7 Ma based on biotite “°Ar/*Ar thermochronology. Further, rapid
acceleration in exhumation rates has been evidenced by low-T thermochronology (Govin
et al., 2020) as well as the discovery of buried Yarlung Tsangpo River canyon, signifying

a pulse of rapid uplift ~2 Ma (Wang et al., 2014).

The formation mechanism of the EHS and the cause of its fast exhumation is
under debate. End-member models explaining the formation and the exhumation of the
EHS include (Figure 2): (1) lithospheric-scale buckling due to India-Asia convergence
(e.g. Burg et al., 1998), (2) subduction basal indentation (Bendick & Ehlers, 2014), (3)
lower crustal flow (Whipp et al., 2014), (4) enhanced exhumation caused by the captures
of the rivers to the north of the EHS (e.g., King et al., 2016; Yang et al., 2021) , (5) river
incision in response to tectonic uplift (Lang et al., 2016), and (6) “tectonic

aneurysm”(e.g. Zeitler et al., 2001; Koon et al., 2002, 2013; Zeitler et al., 2014).

Among these models, the “tectonic aneurysm” model proposes a positive
feedback between erosion and rock uplift. This positive feedback relies on the coupling
between erosion-driven rock uplift and exhumation, enhanced surface erosion, and
thermal weakening of the crust due to temperature-dependent rheology (e.g., Zeitler et
al., 2001; Koon et al., 2002; 2013). Once the feedback is established, high rates of rock
uplift, exhumation, and associated surface erosion can be sustained for millions of years.
As such, a steady-state topography can be maintained in the EHS region which
potentially halts the migration of knickpoints into the interior of the plateau (Zeitler et al.,
2001). This model has been numerically tested by Koon et al. (2002) and Koon et al.

(2013).
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However, existing numerical models investigating the mechanism of “tectonic
aneurysm” implements surface erosion as a passive process and removes all material
above a prescribed elevation in the deforming orogen (e.g., Koon et al., 2002). Different
from these models, we use numerical and analytical models to directly test how surface
erosion acting as the driving force, can influence solid earth processes. In our models,
surface erosion actively “excavates” the topmost crust in a restricted region, simulating
erosion caused by the Yarlung River. The questions we address in this study are: (1) How
does the upper and lower crust respond to focused surface erosion both kinematically and
thermomechanically? (2) Can constant surface erosion alone trigger and sustain rapid
exhumation over ~10 Myr? (3) Could such imposed surface erosion further establish a
positive feedback between erosion and rock uplift as envisioned in the “tectonic
aneurysm” model? In addition, we highlight the isostatic and diapiric flows triggered by
fast surface erosion and discuss their implications on the interactions and potential

feedback between surface erosion and solid earth processes.

METHODS

To assess the effect of focused surface erosion on the continental crust, we
performed numerical simulations using MVEP2 (MVEP2, an updated version of
MILAMIN_VEP, e.g., Kaus 2010; Thielmann & Kaus 2012, Baumann & Boris, 2015).
MVEP?2 is a thermo-mechanical finite element code with marker-in-cell approach which
employs the efficient MATLAB based finite element library MILAMIN (Dabrowski et
al., 2008). The code is capable of simulating partial melt, phase change, and free surface

topography in responding to magmatic-tectonic processes. Material properties such as



167
viscosity and melt content are recorded by markers, which are used to update the new
mesh after each timestep (Thielmann & Kaus, 2012). Visco-elasto-plastic rheology is
used in the code (see detailed rheology setup in Thielmann & Kaus, 2012). The
governing equations describing the conservation of energy, momentum, and mass for

incompressible fluids are listed below:
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Where p is density, Cp is heat capacity, T is temperature, t is time, X; is spatial coordinate,
vi is velocity, k is thermal conductivity, P is pressure, g is gravity, and tij is the deviatoric

stress tensor.

We omit radiogenic and shear heating in the conservation of energy equation to
focus on the crustal thermal evolution caused by erosion-driven advection for the
following reasons. Radiogenic heat production in the thickened Tibetan crust is poorly
constrained. The average radioactivity of the Tibetan crust is assumed to be 0.8x10®
W/m?3 (e.g., Wang et al., 2013). Yet, radiogenic heating plays a minor role in altering the
thermal structure of a system that is subject to strong thermal advection as our model

shows. Viscous shear heating generates local thermal perturbations around shear zones
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and can be important in lithospheric scale shear zones where shear stress and strain rates
are high and the characteristic thickness of the shear zone is significant (Burg & Gerya,
2005). However for our simulated crustal system, we do not develop such major shear

zones in the simulations.

Geometry and boundary conditions

The model consists of a 2-layer crust that is 500 km wide and 70 km thick
(Figure 3). The 70 km crustal thickness is representative for the modern Tibetan Plateau
(e.g., Cheng & Jiang, 2020; Kundu et al., 2022). The upper and lower crusts are each 35
km. In some cases, different rheologies representative of felsic upper and mafic lower
crusts were used. We did not include a mantle layer in our simulations in order to focus
on crustal processes in response to surface forcing. Since the mantle lithosphere is much
stronger than the warm lower crust in an orogenic belt, it behaves as a passive base;
therefore, it does not affect crustal scale dynamics on timescales of ~10 Myr (e.g., Rey et
al., 2011). The domain grid resolution is 1 km in both the horizontal and vertical
direction, with a total of 501 x 71 nodes. Thermal boundary conditions are isothermal for
the top and bottom (fixed surface and Moho temperatures, thermal conditions are
described in the next section), and zero flux left and right. Mechanical boundary
conditions are no stress for the top, free slip for the bottom, and constant strain rate for
the sides. A constant background shortening strain rate of 1026 s is imposed. This strain
rate is of typical order of magnitude for large-scale orogenic belts (e.g., Cao et al., 2015;
Zuza et al., 2020), but is several times smaller than the published values for the modern

Himalayan-Tibetan orogen (e.g., Zhang et al., 2004; Allmendinger et al., 2007; Zuza et
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al., 2020). We omitted testing of higher background shortening strain rates in order to
isolate the effects of erosion-induced crustal processes. The physical properties used in

the simulations are shown in Table 1.

Partial melting and densities for solid and partial molten rocks

During partial melting, melt fraction (M) is interpolated linearly between the
solidus (Tsolidus) and the liquidus (Tiiquidus) temperatures (Gerya & Yuen, 2003; Burg &
Gerya, 2005). Tsolidus and Tiiquidus depend on the phase (felsic vs. mafic) and lithostatic
pressure (e.g., Gerya, 2019). For the felsic and mafic rocks used in our simulation, we
used the Tsolidus and Tiiquidus from Gerya (2019). Tsolidus and Tiiquidus are shown in Table 2.

Densities of solid and partial molten rocks are calculated based on Gerya (2019).

M=0 at T < Tgotiqus 4)

(T - Tsolidus) (5)

M at Tsolidus <T< Tliquidus

- (Tliquidus - solidus)

M=1atT2>= Tliquidus (6)

Pmolt 7

Pm = psolid(]- -M+M 2 en) ( )
Psolid

where pmolten 1S the density of molten rock (Table 1), and psoiid iS the temperature and

pressure dependent density of solid rocks (Gerya, 2019):
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Psotia = Poll — a(T — To)][1 + B(p — po)] (8)

where po is the reference density at To = 293 K, P = 0.1 MPa, «a is coefficient of thermal

expansion, and B is compressibility coefficient (Table 1).

Rheology and rocks and viscosity of partially molten rocks

We use a temperature and strain rate dependent rheology to compute the effective
viscosity associated with dislocation creep. Following Gerya (2019), wet quartzite flow
law (Ranalli, 1995) and plagioclase Anzs flow laws (Ranalli, 1995) are coupled with solid
felsic and mafic rocks, respectively (Table 2). Rocks exposed on the surface of the EHS
consists of high-grade paragneiss, amphibolite, schist, marble, felsic and mafic granulite,
migmatitic gneiss, and felsic plutons (e.g., Liu & Zhong, 1997, Burg et al., 1998). Recent
study also shows that the average crustal Poisson's ratio at the EHS is particularly low
(~0.2-0.3), indicating massive quartz-rich, felsic composition in the bulk EHS crust
(Figure 1C, Kundu et al., 2022). Therefore, our reference model uses wet quartzite flow
law and felsic rock phases for both the upper and lower crusts. We also tested a stronger,

mafic lower crust in other models.

When rocks undergo partial melting with melt fraction M > 0.05, we assign a low
constant Newtonian viscosity (10 Pa s) to the partially molten rock. The threshold of the
viscosity drop is based on the dramatic decrease in viscosity between the solidus and melt
connectivity transition (MCT), where 90% of the rock strength is lost over this small
range (Rosenberg & Handy, 2004). It is also noted that 10 Pa s is much larger than the

viscosity of magma and partially molten rocks (~10?— 10%* Pa s) (e.g., Dingwell, 2006;
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Petford, 2009). Similar to many numerical codes, MVEP2 can only handle a range of 6-7
orders of magnitude for viscosity to avoid numerical instabilities. As such, 108 Pa s is
the lowest threshold of viscosity in MVEP2. As we show in our simulation results, the
dynamics of the diaprism depends on the viscosity of the solid host rocks (Cao et al.,

2016), which we solved in a systematic manner.

Initial geothermal profile

Numerical simulations suggest temperatures of the upper and middle southern
Tibetan crust are controlled by underthrusting of the relatively cold Indian shield as well
as shear heating between the two convergent plates (Wang et al., 2013). Both numerical
simulation and geophysical observations based on shear-wave (Vs) anomalies show the
southern Tibet is characterized by a warm (400-600°C) crust with relatively cold Moho
temperatures (e.g., Huang et al., 2010, 2011). Earthquake thermometry of mantle
earthquakes indicate the Moho temperature beneath the southern Tibetan crust is about

650°C (Chen et al., 2013).

Based on the above geophysical observations, we tested two different initial
geothermal gradients. First a linear gradient of 9.7°C/km from the surface (20°C) to the
Moho depth of 70 km (700°C). We use this geotherm for the “cold crust” models. The
other is a 2-stage geotherm where the upper 10 km has a geothermal gradient of 40°C/km
representing the hot upper crust in a magmatic orogen (Rothstein & Manning, 2003).
Below 10 km temperature increases linearly to 700°C at the Moho depth of 70 km,
resulting in a 4.7°C/km gradient. This 2-stage geothermal gradient represents an elevated

thermal state of the post-collisional orogenic crust heated by magmatism. We use this 2-
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stage initial geotherm for the “warm crust” models. The Moho temperature used in our
model is lower than the peak temperature determined from lower crust metamorphic
assemblages of the EHS (800 - 850°C, Liu & Zhong, 1997; Booth et al., 2009; Guilmette
etal., 2011). We chose a modest Moho temperature (700°C) to suppress extensive partial
melting (~30% if Moho temperature is 800 °C) in our reference model where a generic

felsic continental crust is used.

Surface erosion: focused erosion and topographic diffusion

In geomorphic studies, the stream power law is commonly used to simulate river
incision (e.g., Whipple & Tucker, 1999). Yet, the implementation of km to sub-km scale
surface erosion process in a 10-100 km geodynamic model is a challenge for numerical
modeling (e.g., Olive et al., 2022). Here, we simply simulate the incision of the Yarlung
river using prescribed focused surface erosion in the central portion of the crust (“pseudo-
valley”). Such focused erosion essentially “excavates” a rectangular region in the pseudo-
valley. This is justified based on the broad region of modern fast erosion rates in the EHS
area (Figure 1B). To avoid vertical walls in the valley, we used the following logistic

function to smooth the topographic change near the walls of the valley:

E-dt E-dt
dZ = (=x+w) + (x+w) (9)
1+e s 1+e s

For each time step (dt), we lower the topography or elevation of the central “pseudo-
valley” by the amount of dz (Figure 4). Outside of the valley, the elevation reduction is

zero. By implementing the logistic function with smooth valley walls, we can avoid
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sharp, vertical shoulders of the erosional area when a simple squared erosional profile is
used. The vertical shoulders of the squared erosional profile cause the instability and
convergence issue of the numerical code. Our choice of erosional valley half width (w =
25 km) (total width 2w = 50 km) is based on the spatial extent of Namche Barwa massif
that is undergoing fast erosion (Figure 1B) (e.g., Zeitler et al., 2014; King et al., 2016;
Yang et al., 2018). In our simulations, we tested three pseudo-valley erosion rates: 2, 5,
and 10 km/Myr, representing the slow, moderate, and fast erosion rates that cover the
range of thermochronologically determined erosion rate in the past ~10 Myr (e.g.,
Enkelmann et al., 2011; King et al., 2016; Yang et al., 2018; Grovin et al., 2020). The

moderate value of E = 5 km/Myr is used in our reference model.

It is noted that we do not attempt to resolve the km- or sub-km scale incision
process in the river channel since the complexities are beyond the capability of our
existing numerical code. Instead, our simulated erosional valley profile is aimed to
capture the first-order erosion rate that shows a semi-bullseye pattern in the EHS area (an
approximate circular shaped region of 20-30 km radius) (King et al., 2016; Bracciali et
al., 2018; Yang et al., 2018). Figure 4 illustrates the topography reduction as a result of
the pseudo-valley erosion after 0.1 Myr, with a rate of 5 km/Myr, showing a flat bottom
at the center with an elevation reduction of 0.5 km, as well as valley walls connecting the
valley bottom to the unperturbed periphery. The crustal material removed by imposed

surface erosion acts as a net mass outflow.
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In addition to focused surface erosion in the center of the model, we also included
the topographic diffusion for the entire surface. Diffusion of topography is parameterized
in the model based on the classic diffusion equation in 2D:
where t is time, and D is the topographic diffusivity. Topographic diffusion has been used
in other numerical models simulating EHS dynamics (e.g., Burg & Podiadchokov, 1999).
At sub-km scale, the topographic diffusion coefficient depends on specific climate and
lithological factors and nonlinearly depends on slope gradient (e.g., Fernandes &
Dietrich, 1997; Roering et al., 1999). Therefore, the value of topographic diffusion
coefficient is associated with a wide range that varies many orders of magnitude. Our
numerical model does not simulate hillslope processes and generates topography in the
kilometer scale. As such, the effective topographic diffusivity for our 100-km scale
model should be a representative mean of the local diffusivities. However, the equivalent
value of topographic diffusion coefficient at 100-km scale is unknown. For the EHS
region where hillslope is steep, climate is warm and wet, and landslides are frequent, we
vary the topographic diffusion coefficient D from 10 m?/s to 10 m?/s. The lower bound
of topographic diffusion coefficient D is the same as D = 10"® m?/s used in Koons et al.
(2002) and Ruh et al. (2022), and higher than the D = 10" m?/s used in Burg and

Podiadchokov (1999).

At each timestep in our numerical model, pseudo-valley erosion first removes

crustal material out of the model using the logistic function (Eg. 9). Within the same
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timestep, diffusion of topography is performed. Different from the pseudo-valley erosion,
topographic diffusion is a mass conservative process. During topographic diffusion,
materials eroded from hilltops fill into basins. Since our model consists of two separate
surface processes, total surface erosion is the combined effect of pseudo-valley erosion
plus topographic diffusion. To determine the net mass removal from the combined
surface processes, we calculate the effective erosion rate accounting for the two separate
processes, which is the net mass removal rate in one complete timestep. As we show later
in our discussion, this effective erosion rate acts as the driving force of crustal isostatic

flow.

RESULTS

We conducted simulations with varying parameters including imposed erosion
rate in the pseudo-valley, geothermal gradient, topographic diffusion coefficient, and
crustal composition (Table 3). The computations were carried out using the Pronghorn
cluster located at University of Nevada, Reno. In the following sections we present the

results from several representative cases to illustrate the effect of varying parameters.

Reference model: Focused erosion in a felsic, cold crust

Our reference model consists of felsic upper and lower crusts that are coupled
with wet quartzite rheology. A moderate erosion rate of 5 km/Myr in the pseudo-valley
and a topographic diffusivity of 10° m?/s are used. The Moho temperature is fixed at

700°C with an initial linear geothermal gradient. Figure 5 shows the simulation result
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focusing on the central 150-km-wide region. After 1.2 Myr, initial focused surface
erosion excavates a central pseudo-valley of ~2 km depth. The topographic relief between
the valley bottom and its shoulder is about 3 km. There are very minor convex-shaped
perturbations to crustal temperature and effective viscosity. Strain rate starts to increase
beneath the pseudo-valley to ~107**° 1/s. At the bottom of the lower crust, a ~10-km-
thick lateral channel of high strain rate ~10* 1/s is formed. After 4.4 Myr, the crustal
response becomes apparent where both temperature and viscosity of the crustal column
exhibits an upward bend of hotter and weaker crust, due to upward advection beneath the
pseudo-valley. The upward flow of the crust also causes shallowing of the pseudo-valley.
After 8.7 Myr, lower crust with an initial depth of 35 km is exhumed to the surface in the
pseudo-valley. The surrounding crust is tilted away from the pseudo-valley. Temperature
of the crust becomes more elevated and viscosity is further reduced at the center, directly
below the pseudo-valley. In the bottom of the lower crust, partially melted crust starts to
concentrate in the middle region. Relief of the valley is further reduced to ~1 km. The
final column in Figure 5 illustrates the effects of a crustal diapir. The diapiric body is
initiated from the bottom of the lower crust with melt fractions less than 10%. The
diapiric body rises quickly in the warm, low viscosity mid-lower crust at a strain rate of
~10"1 1/s or greater. The temperature plot also shows a rising thermal plume that
compresses the geothermal gradient in the top ~10 km crust. Viscosity beneath the
pseudo-valley is significantly reduced to 10'° to 108 Pa s. A central topographic bulge

and flanked valleys are observed in the middle part of the model.

Given the finite size of the simulation (500 km wide), the overall crustal thickness

and elevation will decrease with time due to the net mass outflow of the erosional
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pseudo-valley. Such decrease in crustal thickness and overall elevation are limited and
they can be easily corrected. More importantly, they have little effect on the geodynamics
we aim to explore. For example, for the reference model, the net mass outflow can be
estimated using the product of imposed erosion rate and width of the pseudo-valley. In
10-Myr, the mass outflow is 5 km/Myr x 50 km x 10 Myr = 2500 km?. Given the 500
km width of the simulated crust, the overall elevation reduction is 2500 km?#/500km = 5
km over 10 Myr across the entire area, resulting in a surface lowering rate of 0.5 km/Myr.
To investigate the changes of the local topography in the center of the model, we plot the
topography relative to the far-field elevation (elevation at x = 250 km). A discussion on
rock exhumation rate based on the model predicted surface lowering rate and rock uplift

rate is discussed in the Model limitations section.

Effects of erosion rate in pseudo-valley

In Figure 7 we present the results of a simulation run with high erosion rate (E =
10 km/Myr) while keeping all other parameters the same as the reference model. The
simulated crust undergoes similar processes: initial pseudo-valley formation, followed by
upward advection of crust and elevated geothermal profile, leading to crustal viscosity
reduction that eventually give rise to lower crustal diapirism and the central topographic
bulge. There are two key differences compared to the reference model: (1) topographic
relief of the pseudo-valley at ~1 Myr (~3.5 km) is slightly higher than the one in the
reference model (~3 km); (2) the crust responds faster to the increased erosion rate: mass
and thermal advection in the mid-lower crust are more vigorous with a higher strain rate,

crustal diapir initiates in a shorter period of time (~4 Myr instead of ~9 Myr in the
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reference model), and the central topographic bulge within the pseudo-valley develops
faster (also ~4 Myr instead of ~9 Myr in the reference model). Compared to the reference
model, the time to exhume the lower crust and diapir formation is reduced by about a
factor of 2. It is noted that at 7 Myr, the top of the central topographic bulge is flattened

due to topographic diffusion.

We also tested a low erosion rate (E = 2 km/Myr) in the pseudo-valley (Figure 8).
Not only does it take much longer to exhume the lower crust, the resulting perturbations
to crustal strain rate, viscosity, and topography are much smaller compared to the
reference model. The upward advection of the temperature field is limited (Figure 9).
Most importantly, the diapiric body does not form and the pseudo-valley remains

concave downward without the formation of a central bulge.

Effects of initial crustal thermal profile

In Figure 10 we present the results of a simulation run with a 2-stage geothermal
gradient while keeping all other parameters the same as the reference model. This is a
“warm crust” scenario representing an elevated thermal state of the post-collisional
orogenic crust heated by magmatism (e.g., Zhu et al., 2015). Such a warm crust reduces
the bulk crustal viscosity and generates a slightly thicker partially molten layer at the base
of the lower crust. Compared to the reference model, the hotter and weaker crust readily
deforms in a larger region and responds faster to the erosion. The formation of the diapir
occurs at ~4 Myr at the bottom of the lower crust and its partially molten plume head
quickly ascends to the upper crust at ~5 Myr. By 8.7 Myr, convection of the lower crust

drags down slivers of the upper crust. The topography shows a smoother pattern: relief
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across the pseudo-valley is only about 0.5-1 km and a central bulge starts to grow at 1.6

Myr.

Effects of topographic diffusion

In Figure 11 we present the results of a simulation run with high topographic
diffusivity (D = 10* m?/s) while keeping all other parameters the same as the reference
model. A major difference, as expected, is that increased topographic diffusion exerts a
“smoothing” effect on the topography, reducing the relief across the pseudo-valley (< 1
km). The overall topography is also gentler with less than a few hundred meters of relief
across the simulated surface at later stages of the simulation (12.3 and 18.9 Myr). Such a
high topographic diffusivity significantly affects the crustal dynamics. We observe a
slight delay of the initiation of the diapir compared to the reference model (~12 Myr here
instead of ~9 Myr in the reference model) probably because the higher topographic
diffusivity is associated with increased deposition that counteracts the effects of focused
erosion in the pseudo-valley, reducing the effective erosion rate that drives crustal

advection.

When a lower topographic diffusivity (D = 10® m?/s) is used, the “smoothing”
effect is reduced, resulting in a more jagged topography (Figure 12). The pseudo-valley
is much deeper with a high relief of ~5 km at 3.4 Myr. A prominent central bulge of ~3
km as well as sharp “shoulders” of the pseudo-valley are seen at 7.6 Myr. Compared to
the reference model and the model with higher topographic diffusivity, the widths of the

crustal upwelling and the diapir are narrower.
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Figure 13 compares the evolving topography resulting from different topographic
diffusivity values. It illustrates the rate of topographic diffusivity is inversely correlated
with the “smoothness” of the topography. Sharp, short-wavelength topography with high
relief (~5 km) are associated with relatively low values of topographic diffusivity (D =
10° m?/s), whereas gentle, long-wavelength topography with low relief (~0.5 km) are the

result of high topographic diffusivity (D = 10* m?/s).

Effects of lower crust rheology

In Figure 14 we present the results of a simulation run with a mafic lower crust
(Gerya, 2019) and plagioclase Anzs flow law (Ranalli, 1995) while keeping all other
parameters the same as the reference model. We observe the presence of a 4 km deep
pseudo-valley resulting from focused erosion, twice the depth of the reference model.
The viscosity of the mafic lower crust with plagioclase flow law is much higher than the
felsic lower crust with wet quartzite flow law. The stronger mafic lower crust is more
resistant to deformation, with strain rates 10-100 times smaller than those with a felsic
lower crust. The decreased strain rate corresponds to slower rock uplift, such that it takes
longer time for the lower crust to exhume to the surface. A weak thermal plume is seen at
16.6 Myr in the temperature plot but the diapir is not obvious in neither strain rate nor
viscosity plots. The rising thermal plume also does not cause crustal convection as seen
in previous models with a felsic lower crust and wet quartzite rheology. Different from
simulations with a felsic lower crust, there is no topographic bulge in the middle of the

pseudo-valley.
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We also tested a scenario with a “warm” mafic lower crust using the 2-stage
geothermal gradient (Figure 15). The elevated geotherm causes significant weakening in
the middle and lower portion of the felsic upper crust, with an effective viscosity of ~10%°
Pa s. Deformation is concentrated in the felsic upper crust and a shallow pseudo-valley
(~1-1.5 km) is maintained until the stronger mafic lower crust is exposed at the surface at
12.3 Myr. Without the readily deforming upper crust below, the pseudo valley deepens
and gradually widens, similar to the mafic lower crust with the cold, linear geotherm. We

do not observe the formation of a thermal plume or crustal diapir.

DISCUSSION

Scaling analysis: isostatic flow model with constant erosion rate

In all simulations we have performed, we observed the same first-order dynamics
of upward crustal flow directly beneath the pseudo-valley accompanied by lateral flow of
the mid-lower crust towards the central area. Below we present a simple Airy isostatic
flow model where the lithostatic pressure difference across the pseudo-valley provides a
lateral pressure gradient that drives the lower crust to flow into the central region. We use
this model to explore the relationships between rock uplift, surface uplift, and surface
erosion. Our derivation is similar to the scaling approach related to the post-glacial

rebound.

Figure 16 shows the idealized setup of the scaling model. A homogenous crust of
constant density (p) and viscosity (») is subject to surface erosion (E) within the pseudo-

valley with width (w). The topographic relief across the pseudo-valley, or the valley
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depth, is h. h > 0 when the valley is a topographic low. The lateral size of the crust is
infinite in this conceptual setup. Focused surface erosion restricted within the pseudo-
valley results in an elevation relief (h) between the inside and outside of the valley
(Figure 16). This elevation relief causes a difference in crustal thickness and focused
surface erosion creates a lateral pressure gradient in the crust by preferentially removing
the overburden within the pseudo-valley. Consequently, driven by this lateral lithostatic
pressure gradient, rocks move from regions of higher pressure to lower pressure by
migrating from the surrounding area towards the center (Eq. 16). In turn, material directly
beneath the pseudo-valley moves upward to reduce the relief of the pseudo-valley and

attempts to restore isostatic equilibrium.

The rock uplift rate (u) is the upward velocity of rocks relative to the fixed geoid
(here also relative to the constant far-field elevation). Here we assume rock uplift rate (u)
is spatially homogeneous across the bottom of the pseudo-valley. Surface uplift rate (v) is
the upward velocity of the surface relative to the geoid. For both u and v, positive values
indicate their velocity vectors are pointing upwards. E is the constant surface erosion rate,
where a positive value means erosion is occurring. The variables v, u, and E satisfy the

following relationship:

v=u—E (11)

Therefore, if rock uplift rate (u) is greater than surface erosion rate (E) or u > E, then

surface uplift rate v > 0. If u = E, then the surface elevation doesn’t change (v = 0). When
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E > u, surface lowering occurs (v < 0), and valley depth (h) increases with time (dh/dt >

0). We have:

D p—u=—v (12)

We use the ratio of h and the half-width of the pseudo-valley (w) to define the

strain relevant to the deformation of the system:
w

We can obtain an expression for strain rate (de/dt) by taking the time derivative of Eq. 13
and combining with Eq. 12:

de _ 1dh (14)

dt ~ wdt
Assuming the lower crust has a Newtonian viscosity of 7, the product of strain rate and
viscosity yields the characteristic stress that drives crustal flow. Here the characteristic
stress in our simple model is the result of the pressure difference across the pseudo-
valley. We balance the viscous stress with the pressure difference:

de lan _

nE:n = —AP (15)

w dt
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The negative sign in front of AP means that a positive AP will cause reduction of h with
time (dh/dt < 0), which is the result of isostasy. The AP is associated with the valley

relief:
AP = pgh (16)

where p is crustal density, g is gravity. By combining Eg. 11 and Eq. 14 with Eq. 15 we

obtain an expression of rock uplift rate (u):

w=E 422 (17)
n

now we take the time derivative of rock uplift rate (u):

au _ pgw an (18)

dt n dt

replace dh/dt using Eqg. (12):

d_u=m.(E_u) (19)
dt n
We can simplify the above equation by combining constants and assigning a few

variables:

ﬂz_k-u+c (20)
dt
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where k = pgTW and C = pgTWE. The form of Eq. 20 is a classic ordinary differential

equation commonly used in box models where the outward flux of a quantity depends on
the size of the reservoir (Slingerland and Kump, 2011). In our simulation, Eq. 20 states

that time derivative of rock uplift rate (u) depends on u itself. The steady-state rock uplift

rate (Uss) can be obtained by setting %z 0:

(21)

After reaching steady-state, rock uplift rate (u) equals the imposed erosion rate
(E) and the surface elevation of the pseudo-valley is stationary. We can calculate the “e-

folding time” of the system:

1 (22)

Here, the “e-folding time” is the time required for u to reach ~63% of the steady-
state value (Slingerland and Kump, 2011). To better compare the scaling model and our
numerical model, we assign the 3x “e-folding time” which is the amount of time for u to
reach ~95% of the steady-state value as the characteristic timescale (z) for u to reach the

steady-state:

T = 3t, (23)
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Figure 17 shows how rock uplift rate and surface lowering rate change with time
in response to a constant erosion rate. We used p = 2800 kg/m3, g = 9.8 m/s?, w = 25000

m, E = 5 km/Myr, and we tested = 10?2 Pa s as well as 10°! Pa s for viscosities.

From the above scaling analysis and Figure 17, we make several observations:
(1) u approaches E to the steady-state value in an exponential fashion. The steady-state
rock uplift rate (uss) only depends on the surface erosion rate (E) and the rock uplift rate
(u) cannot ever surpass erosion rate (E); (2) Surface lowering rate decreases as u
increases. Once steady-state rock uplift rate is achieved, the surface lowering rate
becomes zero and surface elevation does not change thereafter; (3) For a given pseudo-
valley width (w), the characteristic timescale of reaching steady-state is directly
proportional to the viscosity. Higher viscosity corresponds to a longer characteristic

timescale but viscosity does not affect the steady-state rock uplift rate.

Many of the insights gained from the isostatic flow model are reflected in the
results of the numerical simulations. For the high erosion rate case (10 km/Myr, Figure
7), the apparent rate of rock uplift rate is significantly higher than the reference case, such
that the lower crust is exhumed to the surface in approximately half the time compared to
the reference case with half the imposed erosion rate (5 km/Myr, Figure 5). The amount
of time to exhume the lower crust is slightly shorter for the case with 2-stage geothermal
gradient (Figure 10). This is due to the crust being hotter on average, corresponding to a
lower crustal viscosity and reducing the response time of rock uplift. In Figure 18 we
show that the uplift rate of a rock parcel whose initial depth is 20 km at the center of the

advection channel quickly approaches the effective erosion rate during its ascent, but
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never exceeding it. Note, the effective erosion rate is plotted for simulation results, which
is the combined effect of imposed, constant erosion in the pseudo-valley and the
topographic diffusion. One of the implications is that the height of the central bulge will

never be higher than the shoulders when crustal flow is only driven by the isostasy.

In our simplified isostatic flow model, rock uplift rate is spatially uniform beneath
the pseudo-valley. The actual flow of rocks is complex and gradients of rock uplift rate
exist in both vertical and horizontal directions. Figure 18 shows the rock uplift rate in the
deeper crust (initial depth at 30 km) lags behind the one in the shallower crust (initial
depth at 20 km). This can be explained by the greater proportion of vertical flow in the
shallower crust. In other words, the upward flow in the shallower crust reflects the
integrated vertical and lateral flows across different depths. The central bulge can also be
explained by the changing upward rock uplift rate across the lateral profile of the “flow
channel” beneath the pseudo-valley: the central velocity is higher than the ones on the

sides resembling the velocity profile of the classic Poiseuille flow.

Advection-induced temperature increase and viscosity reduction

Another important observation from our numerical simulations is that the upward
advection of rocks increases the crustal temperature and reduces the effective viscosity.
We can use a dimensionless number, the Péclet number, to quantify the effect of this
advective heating. The Péclet number is defined as the ratio between the rates of
advection and diffusion (e.g., Patankar, 1980; Turcotte & Schubert, 2002; Huysmans &

Dassargues, 2005; Cao et al., 2019).
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_uH EH (24)

Where u is rock uplift rate, H is crustal thickness, and « is thermal diffusivity. Since the
rock uplift rate approaches the surface erosion rate (E) relatively quickly, the steady-state
rock uplift rate (Uss) equals surface erosion rate (E). We can replace u with E to
characterize the Péclet number (Pe) of the system. For our setup where H =70 km, k =
1e-6 m%/s, Pe = ~1 if E = 0.5 km/Myr. It means that any surface erosion rate greater than
0.5 km/Myr should result in Pe >1. Specifically, for the tested surface erosion rates, when
E =2 km/ Myr, Pe = 4.4; when E =5 km/Myr, Pe = 11; when E = 10 km/Myr, Pe = 22.
Thus, for all tested surface erosion rate, Pe >1 suggesting advective heating is significant
via isostatic flow. The effect of heat advection can be seen in Figure 6 and Figure 9,
where the initial linear thermal profile becomes elevated with time, becoming more
convex upward. The higher erosion rate results in a more convex shape of the thermal
profile. One key result of upward heat advection is the viscosity reduction of the bulk
crust and associated “thermal weakening” or decrease in viscous strength (e.g., Koons,
1987, Zeitler et al., 2001). The effective viscosity can be fully expressed using power law
where R is the ideal gas constant, £ is strain rate, Ap, Ea, and n are flow law constants for

crustal rocks (Ranalli 1995):

_ 1 (%) (25)
Nefr = (AD)l/n(é)(n—l)/n exp NnRT
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We use a constant strain rate of ¢ = 10™%s and felsic rocks with wet quartzite
flow law to show how viscosity decreases with increasing temperature. Under the initial
condition of the reference model, the average crustal temperature is 400 °C
(corresponding to a viscosity of 1.5x10% Pa s) at a depth of 40 km based on the initial
linear geotherm in the “cold” crust setup. Figure 19A shows the viscosity decrease as the
temperature of the bulk crust increases due to heat advection. When the temperature

increases to 700 °C viscosity has decreased for about 2 orders of magnitude.

As viscosity decreases, isostatic flow responds to surface erosion more quickly (a
smaller characteristic timescale) according to Eq. 22 and 23 while the steady-state rock
uplift rate (uss) remains unchanged. As a result, for a system where Pe >1, the rock uplift
rate should increase nonlinearly with time. To demonstrate advection-induced viscosity
reduction and how it affects the rock uplift rate with time, in Figure 20B we enforce 2
orders of magnitude drop in viscosity from 5x10?? Pa s to 5x10?° Pa s at time t = 2 Myr.
The result is a sharp increase in the rock uplift rate vs. time curve, such that a concave
upward shape is formed around 2.5 Myr. This matches the concave upward rock uplift
rate curves from the numerical result (Figure 8, 14, and 15). Such viscosity reduction and
associated crustal strength weakening is proposed to play an important role in the EHS
system (e.g., Zeilter et al., 2001; 2014), to provide a positive feedback loop between
erosion and rock uplift rates. Here we show under constant surface erosion, advection-
induced viscosity reduction will indeed accelerate rock uplift rate with time. Yet, the

maximum rock uplift rate is still limited by the imposed erosion rate.
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Decompression melting, erosion-driven diapir, and combined rock uplift rate

When there is enough melt in the lower crust and the bulk crustal viscosity is
reduced due to advective heating, a lower crust diapir will form and it quickly ascends to
the upper crust (Figure 5, 7, 10, 11, and 12). The increase of melt content is caused by
decompression melting of the lower crust demonstrated by intersection of the geothermal
profile with the solidus (Figure 6). It is noted that for the reference model, we have a thin
layer of < 1% melting at the base of the lower crust under the initial geothermal profile.
This thin layer of partial melt is not able to generate a diapir by itself until melt content

further is increased and the bulk crustal viscosity is reduced.

The formation of a diapir is related to the Rayleigh-Taylor instability. Certain
conditions have to be met in order to start the instability. We can use a dimensionless
number, the Rayleigh number (Ra) to evaluate the likelihood of diapir formation. For our
model setup that is a rectangular box where the only heat source is the fixed bottom
temperature boundary (without internal radiogenic heating), the Rayleigh number is

defined as (Turcotte & Schubert, 2002):

Ra = % (26)
Where 4p is density reduction due to thermal expansion and partial melting, AT is
temperature difference between the surface and Moho, g is gravitational acceleration, H
is thickness of the crust, x is thermal diffusivity, and 7 is viscosity. The critical Rayleigh
number (Racr) marks the onset of convection: if Ra > Racr, convection occurs. The value

of critical Rayleigh number (Racr) depends on the geometry of the system and boundary
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conditions. For our case, Rac is in the range of 657.5 to 1708 (Turcotte & Schubert,

2002).

Since crustal thickness reduces slightly (~5-10%) with time in our model due to
net mass outflow, its effect on the value of Ra is minimal. The solid rock density
reduction due to thermal expansion is also minimal (~apAT, in the range of 1%). When
partial melting occurs, density reduction (4p) will increase due to the increase of melt
content. Using Eq. 7, we estimate the 4p will increase 10% associated with 10% partial
melting. Therefore, the influences of changes in crustal thickness (H) and density
reduction (4p) on Ra are minimal. In our simulation, the most important factor in
increasing Ra is the viscosity reduction. The effective viscosity can drop several orders of

magnitude due to advective heating.

Next, we use a constant strain rate of ¢ = 10"*°s™ and felsic rocks with wet
quartzite flow law to evaluate how Ra increases during advective heating. At the
beginning before isostatic flow and decompression melting occurs, the average crustal
temperature is 400°C (corresponding to an effective viscosity of 1.5x10%! Pa s) at a depth
of 40 km based on the initial linear geotherm. The resulting Ra is about 200. This value is
smaller than the Racr to start convection. When crustal temperature increases due to
advection, viscosity drops exponentially (Figure 19A). We plot Ra as a function of the
average temperature of the crust within the “advective channel” beneath the pseudo-
valley (Figure 19B). Once temperature reaches 575°C, Ra has increased roughly 10
times to a value of Ra ~ 2x10° (Figure 19B). At this point Ra is greater than Racr, hence

the occurrence of convection and diapirism. In Figure 5 we observe the initiation of
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diapir at 8.7 Myr. Here the temperature at mid crust levels is ~600 °C, corresponding to a
Ra of ~3x10% (Ra > Racr). As the simulation progresses, Ra further increases due to the
fast advective heating associated with the ascent of the diapir. Crustal diapirism does not
form for cases with a mafic lower crust. Although the crust does heat up and viscosity is
reduced, the mafic crust is too viscous to convect. (Figure 19B) as shown in the
simulation results (Figure 14, 15). In addition, the high solidus temperature of the mafic

lower crust also reduces the degree of partial melting (Figure 6).

Our calculation for the value of Ra shown above may be still underestimated
since we do not take the increase of strain rate into account: the effective viscosity of
rocks decreases under higher strain rate conditions. In Figure 5, strain rate (€) is slightly
less than 10"%°s initially and increases to 1014s™ at steady-state after 15 Myr. Strain rate
(é) is inversely proportional to viscosity () as shown in Eq. 26, and has an exponent of
(n-1)/n. If we were to use the actual higher strain rate, it would cause a further decrease
of the effective viscosity, resulting in a larger Ra than what we presented here. However,
the strain rate-induced viscosity reduction is minor compared to the effect of increased

temperature.

Once convection is established and rocks are able to move upward in the form of
a diapir, the ascent rate can be estimated using Stokes velocity (Turcotte & Schubert,

2014):

_ 2 Apgr? (27)
n

Vdiapir = 6



193

For a density difference 4p = 30 kg/m® between the diapir and host rock (~10% partial
melting), radius of the diapir column r = 5 km, and host rock viscosity n = 10'° Pa s, the
ascent velocity Vdiapir IS @about 5 km/Myr. In many simulations, the diapir is developed
within solid host rocks whose viscosity is close to 108 Pa s or the diapir ascends through
partially molten rocks with a viscosity of 10 Pa (Figure 5, 7, 10, 11, and 12). In these
cases, the Vdiapir can be as high as ~15-50 km/Myr. It is important to note that Vaiapir iS @
buoyancy-driven flow and not the pressure-gradient-driven flow. While the pressure-
gradient-driven flow is limited by the topographic relief that is in turn bounded by the

surface erosion rate (Eq. 21), vdiapir Can exceed the surface erosion rate.

We can calculate the total rock uplift rate by taking both isostatic flow and diapir
into account. Vaiapir IS the velocity of the diapir relative to the host medium, which itself is
moving upward due to isostasy. The total uplift rate of rocks within the diapir is equal to

the sum of vaiapir and the pressure-driven isostatic flow (u, Figure 16):

Viotal = U t Vgiapir (28)

In this case, the combined rock uplift rate could reach 20 or even 50 km/Myr
depending on the thermal condition and rock rheology in the model. This is very similar
to the simulated rock uplift rate presented in Figure 21, where a rock parcel whose initial
depth is 60 km that’s entrained within the diapir after 10 Myr (blue curve). The rock
parcel rises through the diapiric column for roughly 1 Myr, reaching a maximum uplift
rate of ~35 km/Myr before arriving at the plume head of the diapir. Thus, diapiric rise

augments pressure-driven isostatic flow resulting in rock uplift rates that are much higher
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than the effective surface erosion rate (5-6 km/Myr). In cases where the total rock uplift
rate exceeds the imposed surface erosion rate a central bulge is formed that is higher than

the surrounding surface.

Interactions and possible feedback between surface erosion and solid earth

processes

The imposed constant surface erosion in the pseudo-valley play an important role
in controlling the steady-state rock uplift rate, the Péclet number, and viscous weakening
of the crust due to advective heating. The topographic diffusion tends to smooth out
existing topographic relief and modifies the effective erosion rate (Figure 13). As
expected, a higher topographic diffusivity results in a more flattened topography across

the pseudo-valley regardless of diapiric ascent.

The role of topographic diffusion becomes more interesting when the diffusion
process starts to amplify surface erosion. The accelerated erosion rate caused by
topographic diffusion is more obvious where the central bulge is more developed, and the
peak elevation of the bulge is higher than the “shoulders” of the valley (Figure 22). A
more pronounced central bulge is likely to increase the surface erosion rate due to
diffusion where the slopes of the bulge have a greater curvature. These observations
provide an insight to investigate the role of the topographic diffusion in the “aneurysm

model”.

In the conceptual aneurysm model (e.g., Zeitler et al., 2001; 2014; Koons et al.,
2013), a positive feedback was proposed between surface erosion and rock uplift. Koons

et al. (2002)’s numerical treatment on the aneurysm model demonstrated this positive
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feedback mainly relies on the crustal strength reduction due to erosion-driven heat
advection in the crust and a tectonic wedge permitting the crustal materials being
“pushed” up. In our study, we prescribe constant surface erosion over a pseudo-valley
and find that the crust can respond to erosion via isostatic and diapiric flows. It is
intriguing to see if we can trigger positive feedback between rock uplift and surface
erosion under our model setup. A conceptual way to achieve the positive feedback in our
model is through the following steps. Initial focused erosion establishes a rock advection
channel. If the rates of rock uplift exceed the imposed erosion rate with the help of
diapirism, a pronounced central protruding topography is created. This bulging
topography causes the effective erosion rate to increase with an increased component of
topographic diffusion rate, which leads to higher rates of rock uplift, completing the
positive feedback loop. The establishment of such a positive feedback loop would be

evidenced by exponential increases in both effective surface erosion and rock uplift rates.

The results from our reference and all other simulations (e.g., Figure 21) do not
show the expected behaviors of positive feedback. First, we don’t see an exponential
increase in the effective erosion rate. On the contrary, we observe a steady increase that
eventually levels off reaching steady-state after ~14 Myr. Second, while some of the rock
uplift rates do show exponential increase patterns, as discussed previously this is due to
the effect of viscosity decrease and entrainment into the diapir during their ascent through
the crustal column. The rock uplift rate closely matches the pattern of the flatlining
effective erosion rate. In the best cases, the effective erosion rates are larger than the
imposed erosion rate by ~30% but both rock uplift and surface erosion rates flatten

afterwards.
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We were able to produce a more significant exponential increase of erosion and
rock uplift rates associated with positive feedback by using a high imposed erosion rate
(10 km/Myr) and a large topographic diffusivity (10 m?/s). The very high topographic
diffusivity effectively smooths out any central bulge that would otherwise form,
maintaining the concave shape of the pseudo-valley. Shown in Figure 23, both the rock
uplift and effective erosion rates show exponential growth to values almost 3 times the
initial. The positive feedback established in this case maintains for about <10 Myr and
does not continue forever. The effective erosion rate reaches steady-state around 26
km/Myr indicating the growth of the central bulge is limited by topographic diffusion.
We suggest that under the simulated conditions for a felsic, wet-quartzite-rheology crust,
a high surface erosion rate and a large topographic diffusivity are needed to enable the

high effective erosion rate.

We summarize the dynamics of the erosion-driven system based on the values of

the Péclet (Pe) and Raleigh (Ra) numbers (Figure 24):

(1) Pe < 1: very slow isostatic flow, pronounced valley topography, longer

response time, little thermal advection.

(2) Pe ~1: slightly faster isostatic flow, reduced valley topography, shorter

response time, thermal advection become important.

(3) Pe >1 & Ra < Racr: isostatic flow rate increases with time due to strong
advective heating and associated viscosity reduction, smoothed valley topography (but no
higher than the surrounding topography), rock uplift rate is still limited by the erosion

rate.
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(4) Pe >1 & Ra > Racr: decompression melting starts and diapir forms, significant
increase of rock uplift rate which exceeds the surface erosion rate, increased valley
elevation exceeding the surrounding topography. Time-limited positive feedback between

rock uplift and surface erosion can be established if topographic diffusivity is high.

It is noted that our model setup is different from the one by Koons et al. (2002).
Compared to Koons et al. (2002), our model does not generate any thrust or back-thrust
fault/shear zones, allowing crustal materials to “pop-up” under contraction. Instead, we
focused on the role of surface erosion itself and how the crust responds to imposed
surface erosion. Therefore, the interactions between surface erosion and solid earth
processes (e.g., rock uplift, advective heating, and possible diapirism) in our model
slightly differs from the ones in Koons et al. (2002). While both models (ours and Koons
et al.2002) emphasize the key role of crustal strength reduction (mainly due to the
reduction of crustal viscosity) resulting from erosion-driven advection, our model

attributes high topography to the combined effects of isostatic and diapiric flows.

Model limitations

Our simulation results are meant to be taken with the consideration of the model
assumptions and limitations listed below. (1) The modeled crust is homogenous with no
preexisting structures. The presence of the Indus-Yarlung suture zone and the associated
thrust systems can pose as weak points for deformation to exploit. (2) Surface erosion is
modeled as constant river valley incision, with prescribed spatial variance and does not
depend on time nor elevation. (3) The linear parameterization of topographic diffusion

based on surface slope is associated with large uncertainties. Diffusive transport has been
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argued to depend on slope gradient nonlinearly (Roering et al., 1999) and may vary by
several orders of magnitude from hillslope to regional scale. (4) The model domain is in
2D, which consists of vertical depth, as well as the orogen-parallel dimension. It does not
include the orogen-perpendicular dimension. (5) Melt extraction is not included in the
model. Partial melt produced from decompression melting helps to lower viscosity and

participates in crustal flow, but it is not extracted.

Rock uplift rates derived from our simulations are calculated relative to the fixed
Eulerian grid and can be interpreted as the geological true rock uplift rate relative to a
stationary surface reference frame. Most geo-thermochronologic studies report rock
exhumation rates, which represent the vertical motion of a rock parcel relative to the
topographic surface. Since our models also simulate the morphology of topography, the
rock uplift rates obtained from numerical models can be converted to rock exhumation
rates by accounting for the change of surface elevation (exhumation = rock uplift —
surface uplift; England & Molnar, 1990). Given an imposed erosion rate, we can
calculate the steady-state rate of surface elevation change by taking the product of
erosion rate and pseudo valley width and divide by the width of the model domain (500
km). For the reference model with an imposed erosion rate of 5 km/Myr over the 50-km-
wide pseudo valley, the surface elevation decreases at a rate of 0.5 km/Myr (5 km/Myr x
50 km =+ 500 km). Therefore, the model predicted steady-state rock exhumation rates are
0.5 km/Myr higher than the rock uplift rates. Such a small difference between the rock
uplift and exhumation rates in our model is within the uncertainty of

thermochronologically estimated exhumation rates, and we make the argument that the



199

rock uplift rates presented here can be directly compared to the rock exhumation rates

from published studies.

Implication for the evolution of eastern Himalayan syntax

Our numerical model and scaling analysis highlight how surface erosion can drive
deep crustal processes and explore the possible feedback between the two. The erosion-
driven model reproduces high relief, overall domal structure, and young
thermochronologic ages (Figure 25C, D) associated with rapid exhumation (e.g.,
Enkelmann et al., 2011; Bracciali et al., 2016; King et al., 2016). Other models used to
explain these key features of the EHS including the indentation of the subducting Indian
plate (Bendick & Ehlers, 2014) and lithospheric scale buckling (Burg et al., 1998) are
tectonic-driven, requiring specific lithospheric geometry, rheology, and thermal state. We
chose to minimize the effect of tectonic shortening to better isolate the effects of erosion-
induced solid earth processes. In this sense, our model represents an erosion-driven
endmember that could complement the tectonic-driven models. While we do not claim to
fully solved the long-standing questions regarding the ultimate mechanisms of fast rock
exhumation and surface erosion in the EHS, the results of this study have the following

implications for EHS evolution.

Our modeling results suggest that fast and focused surface erosion alone is able to
induce upward crustal flow, thermally weaken the crust through advective heating, and
exhume lower crust within ~10 Myr. The isostatic flow of crustal rocks due to erosion
can produce an antiform-like or domal structure in the EHS crust that mimics geological

observations (e.g., Burg et al., 1998; Zeiter et al., 2004). Our model also highlights partial
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melting of the lower crust resulting from decompression and thermal weakening of the
crust can generate diapirs that significantly accelerate the uplift rates of rocks entrained in
the diapir. The geodynamic consequence of crustal diapirism is overlooked in previous

models.

Compared to the “buckling” model, our erosion-driven model does not need to
have significant crustal shortening as a prerequisite (e.g., Burg et al., 1998; Seward &
Burg, 2008). In the crustal buckling model, fast rock uplift of the EHS since ~10 Ma
represents the short “buckling” period that was accumulated from ~50 Myr of crustal
shortening (Burg et al., 1998). Thus, the ~10 Ma evolution of the EHS is largely a result
of a 40-Myr-long incubation of plate convergence. In this sense, surface erosion plays a
passive role to accommodate the sudden increase of rock uplift rate, and the fast uplift of
the EHS is not driven by surface processes. Additionally, the “buckling” model also
requires the pre-existence of certain initial temperature anomalies or weakening in the
future “buckling” region (Burg & Podladchikov, 1999). While rheological
heterogeneities exist along the plate margin, exactly how such heterogeneities are
distributed in space is hard to define. Future studies are needed to test the erosion-driven
model under higher strain rate conditions since complex patterns may emerge with the

interaction between crustal folding and diapirism (e.g., Burg et al., 2004; Kaus, 2005).

Our simulation results could explain the isothermal decompression paths inferred
from thermobarometric studies on metamorphic units of the EHS (e.g., Booth et al., 2009,
Palin et al., 2015). However, due to model limitations and assumptions stated earlier, the

results do not perfectly match what’s been observed at the EHS. For example, Figure
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25A depicts the model predicted P-T-t path of EHS crustal rocks. While the overall
isothermal decompression trend is similar to other published studies (e.g., Booth et al.,
2009; Palin et al., 2015; Govin et al., 2020), the model predicted temperatures are

significantly lower than the rock record.

Additionally, our model also shed light on the proposed onset and late
acceleration of EHS exhumation identified by Govin et al. (2020). Their
thermochronologic data suggest exhumation rates increased from 1 to 4 km/Myr at ~8
Ma and again to 9 km/Myr at ~2 Ma. Here we offer a plausible scenario where efficient
river incision began at ~8 Ma. Continued upward advection caused thermal and strain
weakening of the EHS crust, leading to the formation of a crustal diapir as well as the
increase of exhumation rates at ~2 Ma. Associated with the diapir is a ~50 km dome-like
structure of high topography centered within the erosional valley (Figure 5), an analogue
for the Quaternary uplift of the Namche Barwa massif that is responsible for the
deposition of alluvium sediments above the Yarlung Tsangpo gorge (Wang et al., 2014).
The increased regional rock uplift rates associated with or contributed by the diapiric
rock ascend could be responsible for the stability of the Yarlung Tsangpo knickpoint
(e.g., Zeitler et al., 2001, Wang et al., 2017), as well as the observed northward migration
and expansion of EHS exhumation within the past ~1 Myr (King et al., 2016; Yang et al.,

2021).

Similar to the tectonic aneurysm model (Zeiter et al., 2001, Koons et al., 2013),
our erosion-driven model confirms the coupling between surface erosion and rapid uplift

of the EHS. To establish a long-lasting positive feedback between surface erosion and
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rock uplift through our erosion-driven model is possible, but both high surface erosion
rate (>10 km/Myr) and seemingly too-large topographic diffusivity (10* m?/s) are
necessary. We envision that with some additional tectonic driving force, the required
surface erosion rate and topographic diffusivity could be lowered and a positive feedback

may be achievable.

As demonstrated by the isostatic flow model, rock uplift rate closely matches the
imposed surface erosion rate. Therefore, when rock uplift is only driven by isostatic flow,
the EHS erosion history can be directly inferred from the thermochronological data.
However, workers must be careful when applying this method when crustal diapirism is
present. We suggest the rock uplift rate may be augmented by the buoyancy-driven
diapir. In this case, the rock uplift rate could be an overestimate of the regional surface

erosion rate.

CONCLUSION

Numerical modeling results show that surface erosion is able to generate partial
melt, produce localized high topography, and exhume lower crustal rocks from >40 km
depth to the surface within 10 Myr. Erosion-driven rock exhumation is sustained by
isostatic flow and amplified by crustal diapirism. Continued surface erosion localized to
an area such as incision of the EHS by the Yarlung-Tsangpo river is able to promote
tectonic deformation via thermal advection and strain weakening. The presence of hot,
buoyant molten rocks in a weakened crust may trigger the formation of a diaper in the

crustal column, leading to rapid rock uplift with rates greater than the driving erosional
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forcing. This increase in rock uplift causes surface uplift, resulting in a central bulge that
exceeds the surrounding elevation. The bulging topography causes the effective erosion
rate to increase with an increased component of topographic diffusion rate, leading to
higher rates of rock uplift, completing a positive feedback loop. Our erosion-driven
exhumation model demonstrates the intricate coupling between surface erosion and rock
uplift, as well as the active role of surface erosion in driving tectonic evolution. To
establish a long-lasting positive feedback between surface erosion and rock uplift through
our erosion-driven model is possible, but both high surface erosion rate (>10 km/Myr)
and topographic diffusivity (10 m?/s) are necessary. Although we do not claim to have
solved the age-old debate on the driver of EHS exhumation, we highlight that buoyancy-
driven diapiric flow is a result of Rayleigh-Taylor instability triggered by fast surface
erosion. The erosion-driven diapir can be one of the missing pieces or alternative

mechanisms explaining the evolution of the eastern Himalayan syntaxis.
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TABLES

Table 5.1: Parameters, symbols, values, and units used in the model.
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Parameter Symbol Value Unit
Crustal thickness z 70 km
Crustal width W 500 km
Moho temperature Tmoho 700 °C
Surface temperature Tsurface 20 °C
Reference density po kg m3
Melt density Pmolten kg m3
Shortening strain rate € 1016 st
Erosional valley half width W 25 km
Imposed erosion rate E variable km Myr!
Topographic diffusivity coefficient D variable m?s?t
Critical melt fraction Ferit 0.05

Melt viscosity n 10%8 Pas
Thermal diffusivity? k 10° m?s
Thermal expansion coefficient? a 3*10° K
Compressibility coefficient? B 101! Pal
Shear modulus? G 10%° Pa
Gravitational acceleration g 9.8 m s

a Turcotte and Schubert (2002)



Table 5.2: Material properties of the felsic and mafic crusts used in numerical
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simulations.
Liquidus Ea
Crust-a_l DeHSIEy” Solidus temperature? temperature Coupled (kJ n AD Frlct|0:1
composition (kg m3) (K) flow law angel (°)
N (K) mol—l)
2800 3.2x
Felsic 599 = 179000(P + 54 (1)20692P4(-MPa) i 15423, 20
(p0)  +20200/(P +542 d 10
at P <1200 MPa,
2500 831+0.06PatP >
(pmoen) 1200 MPa
973-70400/(P + 354) 2
i 2900 1423 + plagioclase 3%
Mafic (00 + 77800000/(P + 0.105P(MPa) Anysh 238 3.2 10-4 20
354)2 at P < 1600
MPa, 935 +
2600 0.0035P +
(Protten) 0.0000062P? at P >
1600 MPa
2 Gerya (2019)

b Ranalli (1995)

¢ Turcotte and Schubert (2002)



Table 5.3: Simulations and their varied parameters.
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Erosion Topographi

Simulation Upper  Lower  ote (km  c diffusion GeOtg‘?rma'
crust crust Myr) (m?/s) gradient
Felsic, wet Felsic, wet
Reference model qtz qtz 5 103 Linear
High topographic Felsic, wet Felsic, wet
diffusion qtz qtz 5 10+ Linear
Low topographic Felsic, wet Felsic, wet
diffusion qtz qtz 5 106 Linear
Felsic, wet Felsic, wet
High erosion qtz qtz 10 10 Linear
High erosion, high Felsic, wet Felsic, wet
topographic diffusion qtz qtz 10 10+ Linear
High erosion, low Felsic, wet Felsic, wet
topographic diffusion qtz qtz 10 10°¢ Linear
Felsic, wet Felsic, wet
Low erosion qtz qtz 2 10 Linear
Low erosion, high Felsic, wet Felsic, wet
topographic diffusion qtz qtz 2 10 Linear
Low erosion, low Felsic, wet Felsic, wet
topographic diffusion qtz qtz 2 10° Linear
Felsic, wet Felsic, wet
2-stage geotherm gtz gtz 5 103 2-stage
2-stage geotherm, high = Felsic, wet Felsic, wet
erosion gtz gtz 10 103 2-stage
2-stage geotherm, low  Felsic, wet Felsic, wet
erosion qtz qtz 2 103 2-stage
Felsic, wet  Mafic,
Mafic lower crust qtz plag 5 10°° Linear
Felsic, wet ~ Mafic,
Mafic lower crust qtz plag 5 10°° 2-stage
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Figure 5.1. Map of the Eastern Himalayan Syntaxis (EHS). (A) Geological map showing
major lithological units and faults (Booth et al., 2009). (B) Digital elevation map of the
EHS and surrounding region color coded by erosion rates for the past 2 Myr inferred
from thermochronologic data (Modified from King et al., 2016). Note the focused
“bullseye” concentric pattern of high erosion rates. (C) Map of crustal Poisson’s ratio
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(Kundu et al., 2022). Black box indicates the area shown in A. Notice the low values at
the EHS indicating quartz-rich, felsic composition for bulk crust.
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mimic the topographic profile resulting from river incision.
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Figure 5.6. Time sequences of geothermal profiles at the center of the simulated crust for
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exhume the lower crust is much longer than the reference case with higher erosion rate.
Note the absence of thermal plume and crustal diapirism.
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Figure 5.14. Simulation results with mafic lower crust. There is very little melt
generation, the viscosity is higher and strain rate is significantly lower. In the absence of
diapir, focused erosion produced a deep pseudo-valley.



228

12.3 Myr 20.2 Myr
= r,/ ?:t WW[' ,]‘f']. ]
7 NE B8
£ o 2 S LA NS /7 PO
e e ——— e P OGN —— et i NN S

— e ol = N —

e b N ——

) 60 &
E-20 =
s 400 3
B0 3
o 200 £

R Temperature F
0
0 B 0.1
=3 3
& 005 &
a -40 =
8 s
R Melt fraction
0
0 ; 13
o z
g-ZO 14 Ev
g 40 &
& 15 &
o : e
Y Strain rat =
-16
0 23
— 2@
E« @
E-20 21 i
s %
Ba-40 20 5
a 19 8

fe] Viscosity

®

o N

Depth [km]
)

Topography

'
&

75 50 25 0 25 50 75 -75 50 25 0 25 50 75 75 -50 25 0 25 50 75 75 50 -25 0 25 50 75
Width [km] Width [km] Width [km] Width [km]

Figure 5.15. Simulation results with mafic lower crust and 2-stage geothermal gradient.
The felsic upper crust is significantly weaker and readily deforms. A deep pseudo-valley
is produced after the strong mafic lower crust is exhumed to the surface.
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Figure 5.16. Schematic illustration of the isostatic flow model showing the various
factors that contribute to the vertical motions within the erosion channel. Constant
erosion rate is prescribed, which perturbs the isostatic equilibrium within the crust,

causing lateral gradients in lithostatic pressure and driving lateral lower crustal flow. The

valley relief is exaggerated for visualization.
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Figure 5.17. Plot of rock uplift rate (u) and surface uplift rate (v) over time. Solid lines
correspond to a crustal viscosity of 1= 10?2 Pa s and dashed lines correspond to a
viscosity of 1 = 102! Pa s. Surface erosion rate (E) is prescribed as a constant 5 km/Myr.
Note the rock uplift rate (u) approaches the surface erosion rate (E) after ~2 Myr when 1

= 10?? Pa s. The characteristic steady-state timescale for the = 10?! Pa s case is much
shorter (~0.2 Myr).
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Figure 5.18. Plot of rock uplift rate for rock parcels whose initial depths are 30 and 20
km, located at the center of the pseudo-valley. Rock uplift rates are relative to the
numerical grid. Imposed erosion rate and effective erosion rate (imposed erosion +
topographic diffusion) are also plotted. Note rocks with shallower initial depth (Zo = 20
km) respond to surface erosion faster than deeper rocks.
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Ra exceeds the range of critical Raleigh number (Racr) as temperature rises above
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Figure 5.20. Plots showing the effect of changing crustal viscosity on rock uplift and
surface lowering rates. (A) A high viscosity of 5x10%% Pa s is used, lengthening the
response time to ~10 Myr. (B) Exponential viscosity decreases by 2 orders of magnitude
from 5x10?2 Pa s to 5x10%° Pa s between 2 and 4 Myr. Notice the change in the curvature
of the rock uplift rate through time and the reduced timescale to reach the steady state (~3
Myr in B vs. ~9 Myr in A).
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Figure 5.21. Results of the reference model showing rock uplift rates for parcels initially
at the horizontal center with 3 different depths (60 km, 45 km, and 30 km). Imposed
erosion rate and effective erosion rate (imposed erosion + topographic diffusion) are also
plotted. Rocks closer to the surface start uplifting sooner and faster compared to deeper
rocks below. Rock with initial depth of 60 km (blue) shows a rapid pulse of uplift rate
increase that exceed the imposed erosion rate associated with the entrainment into the

diapir column.



235

Depth [km]

Reference model
- = =2-stage geotherm

_1 1 1 1 1 1 1 1
-75 -50 -25 0 25 50 75

Width [km]

Figure 5.22. Steady-state topographic profile showing the protruding central bulge (100
m higher than the valley shoulders) for the reference model after 15 Myr (blue solid line)
as well as the 2-stage geothermal gradient model (160 m higher than the valley shoulders)
after 9 Myr (red dashed line). Topography is calculated relative to far field elevation.
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Figure 5.23. Simulation with high imposed erosion rate (10 km/Myr) and topographic
diffusion rate (10 m?/s) showing rock uplift rate initially at the horizontal center and 60
km depth. Imposed erosion rate and effective erosion rate (imposed erosion +

topographic diffusion) are also plotted.
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Figure 5.24. Cartoon to illustrate the different scenarios representing the dynamics of the
erosion-driven system based on the values of the Péclet (Pe) and Raleigh (Ra) numbers.
Purple dashed line indicates the idealized 400°C isotherm. (A) When Pe < 1, rock uplift
driven by isostatic flow is slow and thermal advection is weak, resulting in pronounced
valley topography. (B) When Pe = 1, isostatic flow is faster, valley topography is
reduced, and thermal advection becomes important. (C) When Pe > 1 and Ra < Racr,
isostatic flow further increases due to strong advective heating reducing crustal viscosity,
valley topography is minimized and rock uplift rate approaches erosion rate. (D) When
Pe > 1 and Ra > Racr, crustal convection initiates driving decompression melting and the
formation of melt diapir, rock uplift rate increases beyond erosion rate, causing surface
uplift with a central bulge that exceeds the surrounding elevation. A transient positive
feedback between rock uplift and surface erosion can be established if topographic
diffusivity is high.
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Figure 5.25. Comparison of modeled pressure-temperature-time (P-T-t) path with
published thermochronological data. (A) Results of the reference model tracking the P-T-
t path (colored dots) for the simulated rock parcel with initial depth Zo = 60 km located at
the horizontal center Xo = 0 km. Blue and red lines represent felsic and mafic solidus,
respectively. (B) Synthesis of P-T-t paths from published data using granulite-facies
metamorphic units from the EHS (Modified from Palin et al., 2015). Abbreviations for
different paths indicate data source: LZ97 = Liu & Zhong (1997), DZ99 = Ding & Zhong
(1999), B0O9 = Booth et al. (2009), ZD96 = Zhong and Ding (1996), D01 = Ding et al.
(2001), and G11 =Guilmette et al. (2011). Contour lines showing the spatial distribution
of published cooling mineral age data (AFT, (U-Th)/He Zircon, ZFT and Ar—Ar biotite)
of bedrock paleo-temperature at < 1 Ma (C) and at < 3 Ma (D) superimposed on a SRTM
(Shuttle Radar Topography Mission) DEM V4 image at 90 m resolution (Modified from
Bracciali et al., 2016 and references therein).
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CHAPTER 6: Conclusion to the dissertation
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MASS AND HEAT TRANSFER PROCESSES IN MAGMATIC OROGENS

ALONG THE VERTICAL DIMENSION

This dissertation presented an evaluation of how mass and heat transfer processes
affect the evolution of magmatic orogens. At the lower crust and upper mantle level, melt
generation may occur through several processes. First, hydrous flux melting facilitated by
fluid input derived from dehydration reactions of the subducting slab (e.g., Sisson &
Grove, 1993; Kelemen et al., 2003). Second, decompression melting associated with
corner flow in the mantle wedge driven by the downgoing motion of the slab (e.g., Sisson
& Bronto, 1998, England & Katz, 2010; Bouilhol et al., 2015). Both models predict a
correlation between the vigor of arc magmatism and subduction parameters such as
convergence velocity and slab age, which is recently challenged by the observations of
episodic magmatism in continental arcs and the lack of correlation between subduction

kinematics and magmatic episodicity (e.g., Kirsch et al., 2016).

Chapter 2 of this dissertation investigated a third option, heat-induced partial
melting of the lower crust (e.g., Petford & Gallagher, 2001). Specifically, transfer of
crustal mass into the upper mantle level via horizontal underthrusting of the lower crust
(e.g., Ducea, 2001; DeCelles et al., 2009, 2015; De Silva et al., 2015; Kirsch et al., 2016).
The results of thermodynamic and kinematic modeling show that partial melting of the
underthrusted crust alone does not generate the volume nor thickening rates needed to
produce a magmatic flare-up. Based on this conclusion, | suggest mantle melt and/or melt
sourced from the lower crust of the overriding plate would account for most of the arc
magma. Several recent geochemical studies reveal primitive compositions during arc

flare-up events, proposing a mantle source (Schwartz et al., 2017; Ardila et al., 2019;
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Attia et al., 2020). It’s been proposed that arc root foundering may trigger asthenospheric
upwelling, resulting in rapid decompression melting (e.g., Kay & Kay, 1993) of the
mantle and causing a magmatic pulse that is above the mantle flux baseline (Lee &
Anderson, 2015). Through a numerically simulated cycle of lower crustal underthrusting,
arc root buildup, foundering, and renewed underthrusting, | demonstrate that crustal
underthrusting contributes to the formation of the arc root via mass addition, resulting in
reduced timescales of root foundering. At the same time, the increase in thickness of the
arc crust exerts a self-limiting effect on arc magmatism and controls the arc tempo (Chin
et al., 2015; Cao et al., 2016). Thus, while underthrusting of lower crust does not directly
trigger a magmatic flare-up, it has the potential in limiting arc magma generation and
regulating the magmatic tempo via mass contribution to the arc root and subsequent

foundering.

Magma generated in the mantle ascends into the tectonically deforming crust,
resulting in crustal thickening (e.g., Haschke & Gunther, 2003). Melt flux into the crust
also plays a fundamental role in the composition of arc magmas (e.g., Hildreth &
Moorbath, 1988), as well as the thermal and rheological evolution of the orogenic crust
(e.g., Dufek & Bergantz, 2005, Annen, 2009). Melt rises through the orogenic crust
making intrusions and eventually erupts through surface volcanoes (e.g., England &
Katz, 2010). In an actively deforming magmatic orogen, a challenge is to quantify both
the effects of tectonic thickening from contractional plate forcing and magmatic
thickening from magma addition into the crust (Lee et al., 2015; Cao & Paterson, 2016).
In addition, surface erosion modulates the crustal thickness by removing the topmost

portion of the crust. The combined effect of magmatic and tectonic thickening and
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surface erosion show the depth-dependent nature of rock exhumation-burial paths during
crustal thickening. In Chapter 3 we revealed a tilted crustal section of the Gangdese
Batholith via the determination of bedrock pressures. In doing so, we investigated how
crust at different depths responds to magmatism, tectonic deformation, and surface
erosion. The results showed the upper, middle, and lower crust exhume differently under
the same surface erosion and tectonic thickening conditions. We also identified two
major phases of crustal thickening and a potential phase of crustal thinning that can be
explained by the plate convergence history as well as the transition from subduction to

collision, respectively.

The investigation of Gangdese magmatic fabrics data presented in Chapter 4
further supports the exhumation/burial paths constrained using bedrock pressures and is
consistent with Tang et al. (2021) crustal thickness estimates. Contrary to previous
studies that show a dependence of fabric orientations on plate motion (e.g., Cao et al.,
2015), the magmatic fabrics of the Gangdese Batholith are not correlated with plate
convergence velocity. Instead, the changes in fabric orientations may record how strain is
accommodated during the transition from ocean-continent subduction to continent-
continent collision, thus providing an insight into the controversy surrounding India’s
paleogeography and history of the India-Asia collision. Of the three end-member models:
fully continental greater India (e.g., Ingalls et al., 2016), Xigaze interoceanic arc (e.g.,
Kapp et al., 2019), and Tibetan Himalaya microcontinent (e.g., van Hinsbertgen et al.,
2012); the fabrics data favors the microcontinent model which predicts ~60 Ma collision
of Tibetan Himalaya microcontinent with Asia and the existence of the Greater India

Basin north of the Indian lithosphere.
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Magmatic addition and tectonic contraction drive crustal thickening in orogens,
resulting in high topography (e.g., Cawood et al., 2009). The high topography gives rise
to ridges and peaks generating greater relief, which then promotes accelerated erosion
(e.g., Duff & Duff, 1993). In orogens, erosion not only removes surficial material and
thins the crust, but also alters the lithospheric thermal and stress state and in turn affects
the style, pattern, and vigor of tectonic deformation as well as the degree of melt

generation (magmatism) (e.g., Davis et al., 1983; Dahlen et al., 1984; Liu et al., 2020).

One of the best places to investigate the interactions between surface and solid
earth processes is the eastern Himalayan syntaxis (EHS) due to its spatially focused high
erosion rates (e.g., Finnegan et al., 2002, 2008). It has been argued that in the EHS
region, solid earth tectonics and surface processes work in tandem, resulting in a positive
feedback loop (e.g., Beaumont et al., 2001; Zeitler et al., 2001; Whipple, 2009; Koons et
al., 2013). In Chapter 5, I explored the role of surface erosion in driving solid earth
processes and showed that localized surface erosion is able to drive tectonic deformation
via thermal advection and strain weakening. The process of erosion-driven rock
exhumation is sustained by isostatic flow and amplified by crustal melt diapirism, leading
to rapid rock uplift that may further induce fast surface erosion and establish positive
feedback under some extreme conditions, as envisioned by the tectonic aneurysm model
(Zeiter et al., 2001, Koons et al., 2013). While I do not claim to have solved the age-old
debate on the driver of EHS exhumation, I highlight that the erosion-driven diapiric flow
is an overlooked process that can be one of the missing pieces or alternative mechanisms

explaining the evolution of the eastern Himalayan syntaxis.
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