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ABSTRACT: The Tibetan Plateau (TP), referred to as the ‘‘Asianwater tower,’’ contains one of the largest land icemasses

on Earth. The local glacier shrinkage and frozen-water storage are strongly affected by variations in surface air temperature

over the TP (TPSAT), especially in springtime. This study reveals that the relationship between the February North

Atlantic Oscillation (NAO) and March TPSAT is unstable with time and regulated by the phase of the Atlantic multi-

decadal variability (AMV). The significant out-of-phase connection occurs only during the warm phase of AMV (AMV1).

The results show that during the AMV1, the negative phase of the NAO persists from February to March, and is ac-

companied by a quasi-stationaryRossbywave train trapped along a northward-shifted subtropical westerly jet stream across

Eurasia, inducing an anomalous adiabatic descent that warms the TP. However, during the cold phase of the AMV, the negative

NAO cannot persist into March. The Rossby wave train propagates along the well-separated polar and subtropical westerly jets,

and the NAO–TPSAT connection is broken. Further investigation suggests that the enhanced synoptic eddy and low-frequency

flow (SELF) interaction over the North Atlantic in February and March during the AMV1, caused by the southward-shifted

storm track, helps maintain the NAO pattern via positive eddy feedback. This study provides a new detailed perspective on the

decadal variability of the North Atlantic–TP connection in late winter to early spring.
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1. Introduction

The Tibetan Plateau (TP) is known as the ‘‘Asian water tower’’

because it has the most glaciers outside the polar regions and acts

as a dominant water supply source for 2 billion people downstream

in South and East Asia (Xu et al. 2008, 2014; Yao et al. 2012). The

high elevation makes the TP particularly vulnerable to climate

change (Liu and Chen 2000; Palazzi et al. 2017; Pepin et al. 2015)

through snow albedo (Imtiaz et al. 2009), cloud (Yan et al. 2018),

and aerosol (Su et al. 2018; Ramanathan and Carmichael 2008)

feedbacks. In recent decades, the TP has experienced faster an-

nual warming rates than the global average (approximately

0.128Cdecade21 for 1951–2012; IPCC 2014), with a value of ap-

proximately 0.168Cdecade21 in 1955–96 (Liu and Chen 2000;

Wang et al. 2008). While the TP snow accumulation peaks in late

winter, a rise in TP temperature in spring further results in a de-

crease in regional snow depth, glacier retreat, and delayed phe-

nology (Maurer et al. 2019; Yu et al. 2010; Gao et al. 2012).

Furthermore, long-lasting snow-depth anomalies could persist into

summer, impacting surface air temperature over the TP (TPSAT),

disturbing the western Pacific subtropical high, and modulating

precipitation over EastAsia (Wu andQian 2003; Zhang et al. 2004;

Zhu et al. 2008). As the increase in the TP annual temperature is

predicted to continue, extreme temperature and precipitation

events could become more frequent, with consequential impacts

downstream (Guo et al. 2016; Li et al. 2010; Bao et al. 2010).

Previous studies have suggested that TPSAT variability in

winter and early spring is closely tied to the variation in extra-

tropical atmospheric circulations, including Rossby waves and

the westerly jet stream. In the Euro–Atlantic sector, quasi-

stationary Rossby wave trains (RWTs) could propagate across

Eurasia along twowaveguides: the subtropical westerly jet stream

and the polar-front jet stream, disturbing circulations over the TP

(Li et al. 2005). Bao andYou (2019) stated that theweakened and

northward-shifted East Asian subtropical jet over the TP, gen-

erally concurrent with an anomalous high thatweakens the India-

Myanmar trough, induces an anomalous descending motion

above the TP via secondary circulations and hence significant

atmospheric warming through anomalous adiabatic heating.

The North Atlantic Oscillation (NAO), as the most prom-

inent internal atmospheric variability pattern over the North

Atlantic on a monthly time scale (Hurrell 2003), has been

shown to excite RWTs in the subtropical route (Watanabe

2004) and also in the subpolar route (Li et al. 2008) especially

during late winter and early spring, which is attributable to the
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enhanced convergence variability over the Mediterranean Sea

that favors Rossby wave propagation (Watanabe 2004).

Consequently, the negative-phase NAO (NAO2) is found to

increase simultaneous TPSAT by weakening the East Asian

subtropical jet and enhancing the descending motion over the

TP (Xin et al. 2010; You et al. 2011). In turn, anomalous TP

warming could shift the overlying westerly more northward by

changing the meridional temperature gradient, serving as a

positive feedback on atmospheric circulation (Chen et al.

2020). Furthermore, Li et al. (2005) linked the March TPSAT

to the precursory December–February NAO through changes

in the subtropical westerly jet stream across Eurasia. However,

since the NAO harbors distinct subseasonal variability in

winter and spring, the dynamic processes by which the NAO

subseasonal changes or its persistence impacts the circulation

and temperature over the TP remain to be fully elucidated.

Moreover, the Atlantic multidecadal variability (AMV), the

major multidecadal oceanic pattern with its warm phase (i.e.,

AMV1) characterized by positive SST anomalies across the

North Atlantic basin (Kerr 2000; Zhang et al. 2019; Fig. 1a), is

found to have potential modulation upon NAO signals in late

winter/early spring. During the AMV1, the warmer ocean re-

leases more energy toward the air via enhanced upward turbulent

heat fluxes over the Gulf Stream, disturbing the overlying atmo-

spheric baroclinicity and shifting the storm track more southward

(Peings and Magnusdottir 2014; Ruprich-Robert et al. 2017). The

transient eddy feedback caused by the altered Atlantic storm track

projects anNAO2-like pattern in the large-scale circulations. In the

upper troposphere, the subtropical jet stream over the North

Atlantic accelerates,while thepolar-front jet streamdecelerates and

moves equatorward (Msadek et al. 2010). In addition, a recent study

noted that the AMV could modulate the unstable connection be-

tween El Niño–Southern Oscillation (ENSO) and the NAO in late

winter by intensifying or obscuring ENSO-related SST anomalies

(Zhang et al. 2018). However, although Shen et al. (2011) revealed

an out-of-phase correlation between long-term snow proxy records

over the TP derived from ice cores and the AMV conveyed by the

NAO, the underlying mechanisms were not discussed.

It is acknowledged that during winter, themonthly NAO2 is

associated with a decelerated subtropical jet and polar-front jet

over the North Atlantic, which forms a southward-shifted

Atlantic storm track (Hoskins et al. 1983; Hurrell 2003). The

concurrent synoptic eddy and low-frequency flow (SELF) in-

teraction plays an important role in the persistence of the NAO

flow, suggestive of positive feedback from transient eddies (Pan

and Jin 2005; Ren et al. 2012). Interestingly, the basic mecha-

nisms of the decadal AMV also involve an interaction between

the time-mean flow and the altered Atlantic storm track, which

furthermotivates us to investigate the combined effects from the

NAO and the AMV on the TP climate.

In the following content, section 2 introduces the data and

methods employed in this study. Section 3 includes the observed

unstable NAO–TPSAT connection in late winter to early spring

(section 3a), the atmospheric circulation response to the

February NAO during different AMV phases (section 3b), and

the modulation of the AMV upon SELF feedback to the NAO

flow (section 3c). The discussion and summary are presented in

section 4.

FIG. 1. (a) Composite difference of SST (shading; 8C) in February–March between the warm and cold AMV

phases and distribution of observation stations (red triangles) located above 2600m above mean sea level in the TP

used in this study. Black points denote the stations of Gibraltar (36.28N, 5.48W) and southwest Iceland (658N,

22.88W). (b) Negative NAO index in February (blue bars) and March TPSAT index derived from CRU (orange

bars) in 1920–2017 and from station observation (red line) in 1979–2017. Gray stripes denote the periods of the cold

AMV phase.
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2. Data and methods

a. Data and climate indices

This study makes use of six datasets. 1) The monthly sea

level pressure (SLP) data with 58 3 58 resolution for 1850–2017

are derived from Met Office Hadley Centre HadSLP2r data

(Allan and Ansell 2006). 2) The monthly SAT data with 0.58 3
0.58 resolution for 1901–2017 are derived from Climatic

Research Unit (CRU) TS 3.26 data (Harris et al. 2014). 3) The

daily station-based SAT data for 1979–2017 comprise records

from 67 Chinese Meteorological Administration stations lo-

cated above 2600m above mean sea level in the TP (denoted

by the red triangles in Fig. 1a), provided by the National

Climate Center, Chinese Meteorological Administration. 4)

and 5) The daily and monthly atmospheric data, including

geopotential height, winds, and temperature with 28 3 28 res-
olution, are derived from the European Centre for Medium-

RangeWeather Forecasts (ECMWF) twentieth-century reanalysis

(ERA-20C; 1900–2010; Poli et al. 2016) and interim reanalysis

(ERA-Interim; 1979–2017; Dee et al. 2011). 6) SST data are

derived from the Met Office Hadley Centre with 18 3 18 res-
olution for 1870–2018 (Rayner et al. 2003).

The monthly NAO index used here is defined as the SLP

difference between the stations in Gibraltar and in southwest

Iceland (Jones et al. 1997; Fig. 1a: black points), provided by

CRU (https://crudata.uea.ac.uk/cru/data/nao/). The TPSAT

index used in this work is defined as SAT anomalies averaged

over 278–408N, 708–1048E (indicated by the rectangle in

Fig. 1a) derived from CRU. The station-based TPSAT index is

calculated as the weighted average of the 67 stations. Linear

trends have been removed from the above-mentioned indices

and fields. The annual-mean AMV index of 1890–1999 is the

same as in Ting et al. (2009), defined as the internal component of

SST variability averaged over 08–608N, 7.58–758Wwith a low-pass

filter of a 10-yr cutoff. The internal component is the residual of

observed SST subtracting the external forced component domi-

nated by anthropogenic forcing, while the forced component is

estimated by a suite of IPCC Climate of the Twentieth

Century(C20C) coupled model simulations applying a signal-to-

noise maximizing empirical orthogonal function analysis.

Additionally, this index suggests that the AMV turns to its warm

phase in the 1990s and starts its downturn in early 2010s (Ruprich-

Robert et al. 2017). In this study, the warm AMV phase denotes

periods with the AMV index above zero (i.e., 1930–68 and 1995–

2017), whereas the cold AMV phase denotes periods with the

AMV index below zero (i.e., 1920–29 and 1969–94).

b. Methods

In this study, the analyses are based on a patched dataset

with a period of 1920–2017, which combines ERA-20C and

ERA-Interim (1920–78 from ERA-20C and 1979–2017 from

ERA-Interim), in order to cover the latest data and to improve

data accuracy especially for daily data. To test the robustness,

some diagnostics are repeated in the online supplemental

material using only ERA-20C over the period 1920–2010.

Lead–lag correlation of the monthly CRU TPSAT index with

the NAO index from November to March in 1920/21–2016/17

is first calculated to clarify the precedence of winter NAO.

Significant negative correlation only exists between February

NAO and March TPSAT with a correlation efficient of 20.24

(over the 95% confidence level), indicative of a North

Atlantic–TP teleconnection in late winter to early spring. This

study hence focuses on the unstable relationship between

February NAO and March TPSAT.

The climatological westerly jet is represented as the maxima

of the 250-hPa westerlies. To give more details on the sta-

tionary Rossby wave propagation, the wave activity flux

(WAF) is introduced based on Takaya and Nakamura (2001).

The Eady growth rate is given by sE 5 0.3098jfjj›u(z)/›zj/N
(Vallis 2006), where f is the Coriolis parameter, u(z) is the

vertical profile of the westerly winds, z is the vertical coordi-

nate, andN is the buoyance frequency[(whereN25 (g/u)(›u/›z),

in which g and u are gravitational acceleration and potential

temperature, respectively].

Transient eddy activity is computed as the root-mean-square

of daily bandpass-filtered geopotential height with periods of

2.5 to 6 days (Lau and Nath 1991), that is, (H 02)
1/2

(the prime

and overbar hereafter represents transient perturbation and

monthly average, respectively). Localized Eliassen–Palm (E-P)

flux is introduced to illustrate eddy forcing of the zonal mean

flow (Hoskins et al. 1983; Trenberth 1986), calculated as

E5 (1/2)(y02 2u02)i2u0y0j, where u and y are zonal and me-

ridional winds, respectively, while i and j are the zonal and me-

ridional axes. The divergence of E indicates the eddy-induced

acceleration of zonal winds through barotropic processes and

vice versa. Generally, divergent westerly E vectors appear along

the storm track, which act to accelerate the westerly mean flow

in situ (Lau 1988; Figs. 10d,e).

3. Results

a. The unstable NAO–TPSAT connection in late winter to
early spring

The temporal evolutions of the negative February NAO

index and March TPSAT indices based on CRU (1920–2017)

and in situ stations (1979–2017) are illustrated first (Fig. 1b).

Although derived from independent data resources (since

CRU does not include station data over the TP), the two

TPSAT indices compare well with each other for 1979–2017

(Corr.5 0.84, over the 99% confidence level). The March

TPSAT shows more frequent in-phase variation with the

February NAO2 during theAMV1 than the cold AMVphase

(AMV2; gray shading in Fig. 1b). This result is quantitatively

supported by Fig. 2, which illustrates the 31-yr running corre-

lation between the February NAO2 and March TPSAT, to-

gether with the temporal evolution of the annual mean AMV.

As expected, their correlation is unstable: it is statistically

significant (over the 95% confidence level) over approximately

the 1930s–60s and 1990s–2010s (i.e., AMV1 periods), but it is

insignificant and even changes signs in other periods (i.e.,

AMV2 periods). On average, the correlation coefficient of the

negative February NAO index and March TPSAT index during

the AMV1 is 0.37 (over the 99% confidence level), while that

during the AMV2 is 20.03 (insignificant). These results thus

motivate us to categorize the entire analysis period into two

1 JUNE 2021 L I E T AL . 4229

Brought to you by NILU - Norwegian Institute for Air Research | Unauthenticated | Downloaded 12/17/21 09:39 AM UTC

https://crudata.uea.ac.uk/cru/data/nao/


subperiods based on the AMV phases in the following analysis

to explore the diverse dynamic processes during each phase.

b. The atmospheric circulation response to February

NAO2 during different AMV phases

Figure 3 illustrates the February and March SLP regressions

upon the negative February NAO index during the two AMV

phases. In February, during both AMV1 and AMV2, one

finds a typical NAO2-related meridional-dipole pattern,

with a primarymaximum over Iceland and aminimum over the

midlatitude North Atlantic (Fig. 3: contours). However, the

March SLP anomaly shows a significant difference. During the

AMV1, themeridional dipole pattern established by February

largely persists into March, indicative of a 2-month duration of

the NAO2 (Fig. 3a: shading). During the AMV2, however,

the March SLP anomalies are much weaker and localized

eastward, with a maximum over the Urals and a minimum over

the eastern North Atlantic (Fig. 3b: shading), suggesting the

downstream movement of circulation anomalies in March.

The different circulation responses to the February NAO2
shown in Fig. 3 inspire us to compare atmospheric characteristics

in March based on the AMV phases. During the AMV1, there

FIG. 3. Regressions of deviation from the zonal-mean SLP in February (contours; hPa) and

in March (shading; hPa) upon the negative February NAO index during (a) the warm AMV

phase and (b) the cold AMV phase. Cross-hatched regions hereinafter denote values that are

significant at 95% confidence level from a two-tailed Student’s t test.

FIG. 2. Annual-mean AMV index from 1910 to 1999 (bars) and running correlation in a

31-yr moving window between the negative February NAO index and March TPSAT index

(line). The 90%and 95% confidence levels for the correlations are indicated by the horizontal

dashed and dotted green lines, respectively.
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is a positive (negative) geopotential height anomaly over

the polar cap (midlatitude North Atlantic) in the upper tro-

posphere (Fig. 4a), in accordance with the NAO2 in the SLP

field (Fig. 3a, shading). Additionally, a high anomaly origi-

nates from the eastern North Atlantic and extends along the

subtropical westerly jet stream across Eurasia followed by a

low anomaly downstream, disturbing circulation over the TP

and East Asia, respectively. A close investigation of 250-hPa

meridional winds and associated WAFs further indicates that

clear RWTs are emitted from the North Atlantic and mainly

FIG. 4. Regressions of 250-hPa (a) geopotential height (shading; 10 gpm), (b) meridional

wind (shading; m s21) and WAFs (vectors; m2 s22), (c) zonal wind (shading; m s21) and its

climatology (contours; m s21), and (d) omega (shading; 1022 Pa s21) and zonal–vertical

(omega) winds (vectors; m s21 and 1022 Pa s21 in zonal and vertical directions, respectively)

cross section (longitude vs pressure) along 358N [denoted by the thick line in (c)] in March

upon the negative February NAO index during the warmAMV phase. Brown thick curves in

(a)–(c) denote the climatological westerly jet axes at 250 hPa during the warm AMV phase.
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propagate along the subtropical westerly waveguide toward

the TP (Fig. 4b). In the 250-hPa zonal wind field, there is a

negative (positive) anomaly at 308N (458N) across Eurasia,

which extends eastward toward the southern (northern) flank

of the TP (Fig. 4c, shading) and induces a deceleration and

northward shift of the overlying westerly jet. Correspondingly,

the vertical profile of winds along 358N illustrates a significant

subsidence anomaly over the TP (Fig. 4d, shading), indicative

of a simultaneous secondary circulation anomaly that occurs in

March.Moreover, over East Asia, the negative (positive) zonal

wind anomaly at 308N (208N) implies a southward-shifted

westerly jet. The negative zonal wind anomaly at 508N con-

current with the positive anomaly at 308N over the North

Atlantic–Europe sector during NAO2 reinforces the decel-

eration of subtropical and polar-front jet streams in March

(Fig. 4c, shading), especially over the Atlantic where they tend

to merge and become nearly zonally oriented (see Fig. S1a in

the online supplemental material).

During the AMV2, however, the upper-troposphere circu-

lation anomaly over the North Atlantic is much weaker in

March despite a low anomaly over eastern North America

(Fig. 5a). Instead, concurrent with the eastward-propagating

FIG. 5. As in Fig. 4, but for the cold AMV phase.

4232 JOURNAL OF CL IMATE VOLUME 34

Brought to you by NILU - Norwegian Institute for Air Research | Unauthenticated | Downloaded 12/17/21 09:39 AM UTC



SLP anomaly in March (Fig. 3b, shading), there appear two

separate trains of alternative negative and positive 250-hPa

meridional wind anomalies along the polar-front jet stream

over high-latitude Eurasia (although it is less significant) and

the subtropical jet stream south of the TP, respectively (Fig. 5b

and Fig. S1b). Little response occurs in wind fields over the

TP (Figs. 5c,d), demonstrating that the subtropical RWT dur-

ing the AMV2 exerts little impact on circulation variability

over the TP.

The response of SAT in March is then analyzed separately

in 1930–68 (AMV1), 1969–94 (AMV2), and 1995–2017

(AMV1) to compare with the station-based observation from

the period of 1979–2017. As shown in Figs. 6a and 6c, in

accordance with the anomalous descending motion that in-

tensifies adiabatic heating over the TP during the AMV1
(Fig. 4d), there appears to be a positive SAT anomaly from the

Arabian Peninsula to the TP (158–408N) in March, although

that in 1930–68 tends to be concentrated over the western TP.

Nevertheless, there is little SAT response over the TP during

the AMV2 (Fig. 6b). The regression based on station data

reinforces this conclusion, illustrating that NAO2 is signifi-

cantly correlated with an enhanced TPSAT in March during

the AMV1 (Fig. 6e) but shows no association during the

AMV2 (Fig. 6d). In addition, a negative SAT anomaly is ob-

served over midlatitude Eurasia during both AMV phases

(Figs. 6a–c), which should be related to the low anomaly there

FIG. 6. (a)–(c)Regressions of SAT (8C) inMarch upon the negative FebruaryNAO index during (a) 1930–68 (the

warm AMV phase), (b) 1969–94 (the cold AMV phase), and (c) 199522017 (the warm AMV phase). (d),(e) As in

(a)–(c), but for station-based observation in the period of 1979–2017. Circles with crosses denote values that are

significant at 95% confidence level from a two-tailed Student’s t test.
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(Figs. 4a and 5a). The strengthened East Asian trough and

southward-shifted East Asia westerly jet during the AMV1
(Figs. 4a,c) are responsible for the additional atmospheric

cooling over East Asia.

In conclusion, during the AMV1, the NAO2 in February

could persist into March, accompanied by a stationary RWT

propagating along the subtropical westerly waveguide across

Eurasia, which induces a deceleration and a northward shift of

the westerly jet stream over the TP. Accordingly, an anoma-

lous descending motion over the TP warms the local air via

enhanced adiabatic heating. However, during the AMV2, the

circulation anomaly over the North Atlantic diminishes and

moves downstream in March, in which the positive SLP

anomaly related to the NAO2 over Iceland in February is

FIG. 7. Climatology (contours) and regressions (shading) of (a) 250-hPa zonal winds (m s21), (b) 500-hPa tran-

sient eddies (10 gpm), and (c) 250-hPa localized E-P flux (E; vectors; m2 s22) and its divergence (m s21 day21) in

February upon the negative February NAO index during the warm AMV phase. (d)–(f) As in (a)–(c), but for the

cold AMV phase. Brown thick curves denote the climatological westerly jet axes at 250 hPa in each AMV phases.
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found over northern Europe in March. The upper-level RWTs

propagate zonally along the subpolar and subtropical routes

across Eurasia, and the latter travels well south of the TP, ex-

erting no impact on TPSAT variability in March.

c. The potential modulation of the AMV upon SELF
feedback to the NAO flow

Then, the question arises as to why an NAO2 could persist

from February to March during the AMV1 and impact the

TPSAT inMarch by triggering a stationary RWT, while RWTs

excited along the subpolar and subtropical routes during the

AMV2 have no impact on TPSAT. Since the SELF interaction

plays an important role in maintaining the NAO flow via

positive eddy feedback, it is further examined under each

AMV phase.

The regressions of the 250-hPa zonal winds, 500-hPa tran-

sient eddies, and 250-hPa localized E-P flux (E) on the negative

February NAO index are first taken during the AMV1 and

the AMV2. When NAO2 occurs in February, the 250-hPa

zonal wind field exhibits near zonally uniform positive and

negative anomalies at 308 and 508N across the North Atlantic–

western European region during both AMV phases (Figs. 7a,d),

indicating a decelerated subtropical jet and polar-front jet

concurrent with the NAO2. The 500-hPa transient eddies also

show a meridional dipole of positive and negative anomalies

south (308N) and north (508N) of the climatological center,

but the positive anomaly over the subtropical North Atlantic

during the AMV1 (Fig. 7b) is much more robust than that

during the AMV2 (Fig. 7e). The dipole of the transient eddy

anomaly indicates the equatorward shift of the Atlantic storm

track. Meanwhile, the E vectors consistently show easterly

convergent anomalies at 508N and westerly divergent anoma-

lies at 308N in February during both AMV phases (Figs. 7c,f),

favoring local westerly deceleration and acceleration, respec-

tively. This result further suggests that the equatorward-shifted

storm track favors westerly shifting more southward and thus

exerts a positive feedback upon the NAO2 flow. However, a

difference occurs in the south of the mean storm track location

at 308N over the eastern North Atlantic, where robust westerly

divergent E vectors appear during the AMV1 (Fig. 7c: vec-

tors) but do not appear during the AMV2 (Fig. 7f: vectors).

The divergence of E also exhibits a stronger positive anomaly

at 308N during the AMV1 (Fig. 7c: shading), which implies a

stronger SELF interaction over the subtropical North Atlantic

FIG. 8. Climatology (contours) and regressions (shading) of (a) 500-hPa transient eddies (10 gpm) and (b) 250-

hPa localized E-P flux (E; vectors; m2 s22) and its divergence (m s21 day21) in March upon the negative February

NAO index during thewarmAMVphase. (c),(d)As in (a) and (b), but for the coldAMVphase. Brown thick curves

denote the climatological westerly jet axes at 250 hPa in each AMV phase.
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Ocean during the AMV1. We then compare the standard

deviation of the SLP over the station of Gibraltar in February

during different AMV phases, finding that variability during the

AMV1 (4.05hPa) is significantly larger than that during the

AMV2 (3.08hPa; over the 90% confidence level based on an F

test). This result suggests that the interannual variability of the

North Atlantic subtropical high in February during the AMV1
should be stronger than that during the AMV2, which could be

partially associated with the stronger SELF interaction.

In the following March during the AMV1, there are still

positive and negative 500-hPa transient eddy anomalies across

the North Atlantic at 308 and 508N, respectively (Fig. 8a), ac-

companied by westerly divergent and easterly convergent E

vectors in situ (Fig. 8b), which exert positive feedbacks on the

NAO2 flow by accelerating (decelerating) zonal winds at 308N
(508N) (Figs. 4c and 8b, shading). The atmospheric structure in

March is similar to that in February, representing an NAO2
with SELF feedback for 2 months during the AMV1. However,

during the AMV2, the meridional dipole of transient eddy

anomalies largely diminishes in March (Fig. 8c), suggesting little

covariability of synoptic fluctuations and time-mean flow over

the North Atlantic. Consequently, small-amplitude E vectors

are observed during the AMV2 (Fig. 8d), and the zonal wind

anomaly disappears with the absence of the SELF feedback

(Fig. 5c). The diminished NAO2 flow in March during the

AMV2 agrees with the observed weakened and downstream-

propagated circulation anomaly depicted in Figs. 3b and 5.

As mentioned above, the AMV footprint is found in multi-

decadal fluctuations of intraseasonal circulations, especially

over the North Atlantic. For instance, during the AMV1, the

subtropical westerly jet stream accelerates due to North

Atlantic warming, while the storm track shifts equatorward

because of the corresponding southward shift in atmospheric

maximum baroclinicity, as proven by the numerical experi-

ments in Peings and Magnusdottir (2014) and Msadek et al.

(2010). To estimate the influence of the AMV on the SELF

interaction, the climatology of the February–March surface

turbulent heat flux and the vertical profile of the Eady growth

rate over the western North Atlantic along 558W are shown

during the AMV1, the AMV2, and as a composite difference

(Fig. 9). Climatologically, the maximum turbulent heat flux

warming the atmosphere is found in the Gulf Stream

(Figs. 9a,b). Additionally, the Atlantic storm track emerges in

this region due to the strong land–sea thermal contrast and

high baroclinicity in the atmosphere (Figs. 9d,e; Brayshaw et al.

2011). The ocean releases more energy to the atmosphere

during AMV1 than during AMV2 through the above-normal

turbulent heat flux anomaly in the climatological center at

408N (Fig. 9c: shading; Häkkinen et al. 2011; Zhang et al. 2019).
This process induces a southward displacement of the overly-

ing atmospheric baroclinicity due to the positive/negative

anomalies to the south/north of the climatological center of

the Eady growth rate (Fig. 9f: shading).

Figure 10 is the same as Fig. 9, except for the 500-Pa tran-

sient eddy activity, 250-hPa localized E-P flux, and zonal winds.

The storm track is centered over the western North Atlantic

at ;458 and 508N during the AMV1 and the AMV2, respec-

tively, and it extends northeastward toward the eastern North

Atlantic (Figs. 10a,b). Their composite difference demon-

strates that, consistent with the southward-shifted atmospheric

FIG. 9. (a)–(c) Climatology of surface turbulent heat flux (sum of sensible and latent heat fluxes with positive indicating upward

direction; Wm22) averaged in February–March (10 gpm) during (a) the warm AMV phase and (b) the cold AMV phase, and (c) their

difference (shading; variables during the warm AMV phase minus those during the cold AMV phase). (d)–(f) As in (a)–(c), but for the

Eady growth rate (day21) along 558W. Contours in (c) and (f) are the climatology for the full record.
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baroclinicity shown in Fig. 9f, there appears to be a dipole

pattern in the transient eddy anomaly around its climatological

center (Fig. 10c): an increase and a decrease occur along 358
and 508N, respectively. These results thus indicate that the

Atlantic storm track is located more equatorward during the

AMV1 than the AMV2, especially in its climatological

maximum over the western North Atlantic; additionally, its

northeastward extension into the eastern North Atlantic is also

more limited. On the other hand, a similar dipole anomaly

pattern in the divergence of E is apparent (Fig. 10f): the di-

vergence of E is enhanced along 408N over the climatological

maximum, with a negative anomaly to the north, indicating

enhanced (suppressed) SELF feedback along the subtropical

(polar front) westerly jet stream over theNorthAtlantic. In the

climatological field, theE vectors in February–March are more

zonally oriented with comparably stronger centers over the

subtropical North Atlantic during the AMV1 (Fig. 10d), while

they extend much more northeastward toward the eastern

North Atlantic during the AMV2 (Fig. 10e). As expected, the

subtropical westerly jet stream over the North Atlantic is

strengthened andmore zonally oriented, and its northeastward

extension is more limited during the AMV1 (Fig. 10g) than

that in the AMV2 (Fig. 10h). The composite difference of the

250-hPa zonal winds between the AMV1 and the AMV2
further indicates that the AMV1 is concurrent with an accel-

eration of the North Atlantic subtropical westerly jet and de-

celeration of the polar-front jet compared with those during

the AMV2 (Fig. 10i), which reconciles with the changes in

SELF interaction (Fig. 10f).

In summary, during theAMV1, the NAO2 is closely linked

to the SELF interaction over the North Atlantic in both

February and March, exerting positive feedback to maintain

FIG. 10. (a)–(c) Climatology of 500-hPa transient eddies averaged in February–March (10 gpm) during (a) the warm AMV phase and

(b) the cold AMV phase, and (c) their difference (shading; variables during the warm AMV phase minus those during the cold AMV

phase). (d)–(f) As in (a)–(c), but for 250-hPa localized E-P flux (E; vectors; m2 s22) and its divergence (shading; m s21 day21). (g)–(i) As in

(a)–(c), but for 250-hPa zonal winds (m s21). Contours in (c), (f), and (j) are the climatology for the full record. Brown thick curves denote

the climatological westerly jet axes at 250 hPa in each AMV phase, while those in (c), (f), and (j) are the time mean in 1920–2017.
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the NAO2 pattern in March. However, during the AMV2,

the NAO2 coincides with comparably weaker SELF feedback

in February, especially over the subtropical North Atlantic,

which diminishes in the following March. The stronger SELF

interaction during the AMV1 might result from a southward-

shifted Atlantic storm track caused by positive SST anomalies

associated with the AMV1, which enhances the climatological

eddy forcing center on the time-mean flow along 408N over the

North Atlantic.

4. Discussion and summary

This study investigated the multidecadal modulation of the

AMV on the connection between the February NAO and

March TPSAT. A better understanding of the mechanism can

be obtained by contrasting analyses of two extreme NAO2
events that stand out in Fig. 1b during separate AMV phases.

There is a long-duration extreme event of NAO2 from

December 2009 to March 2010, with the second largest mag-

nitude on record since 1920 (Figs. 1b and 11a; Osborn 2011;

Cohen et al. 2010). Under the background of theAMV1, there

is an obvious positive eddy feedback upon the NAO2 flow in

March 2010: on the one hand, the SELF interaction, reflected

by the robust positive (negative) anomalies in divergence of E,

appears along 308N (508N) (Fig. 11b), favoring the westerly

acceleration (deceleration) in situ, and displacing the Atlantic

westerly jet stream equatorward. On the other hand, the

equatorward-shifted westerly jet stream guides the Atlantic

storm track more southward, and the covariability of the

transient eddies and the time-mean flow reinforces the SELF

interaction in March (Fig. 11c). As expected, in March 2010,

a Rossby wave train originates from the North Atlantic and

propagates along the subtropical westerly waveguide in Eurasia

eastward toward the TP (Fig. 11d). Correspondingly, anoma-

lous descending motions are observed over the TP (Fig. 11e),

which lead to regional positive SAT anomaly in March 2010

(Fig. 11f).

Another extreme event of NAO2 in February 1986 is

characterized by the third largest magnitude on record

(Figs. 1b and 12a). In March 1986, under the background of

FIG. 11. Case study associated with extreme negative NAO event in February 2010. Observed anomalies of

(a) deviation from the zonal-mean SLP in February 2010 (contours; hPa) and inMarch 2010 (shading; hPa), (b) 250-

hPa localized E-P flux (E; vectors; m2 s22) and its divergence (shading; m s21 day21) in March 2010, (c) 500-hPa

transient eddies (shading; 10 gpm) and 250-hPa zonal winds (contours; m s21) in March 2010, (d) 250-hPa merid-

ional winds (shading; m s21) and WAFs (vectors; m2 s22) in March 2010, (e) omega (shading; 1022 Pa s21) and

zonal–vertical (omega) winds (vectors; m s21 and 1022 Pa s21 in zonal and vertical directions, respectively) cross

section along 358N [denoted by the black thick line in (d)] in March 2010, and (f) SAT (8C) in March 2010. Brown

thick curves in (b)–(d) denote the climatological westerly jet axes at 250 hPa during the warm AMV phase.
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AMV2, there is weak SELF interaction over the North

Atlantic, although some westerly divergent E vectors prevail

along 508N (Fig. 12b). Meanwhile, the atmospheric structure

related to NAO2 in February 1986 was replaced by a positive

anomaly of transient eddies and 250-hPa zonal winds at 508N in

March 1986 (Fig. 12c), implying the downstream propagation

of the circulation anomaly. Accordingly, RWTs propagated in

both the subpolar and the subtropical routes, traveling along

the northern and southern flanks of the TP but exerting little

impact on the TP in March 1986 (Fig. 12d). The NAO2 event

in February 1986 thus showed no association with the TP cir-

culation and temperature variations in the following month

(Figs. 12e,f).

This study suggests that the reinforcement of the SELF in-

teraction in the climatological maximum over the subtropical

North Atlantic in February and March during the AMV1 is

crucial for conveying NAO signals to the TP. On the one hand,

the stronger SELF interaction tends to strengthen the sub-

tropical high over the North Atlantic in February, contributing

to a stronger NAO2 pattern. On the other hand, it plays an

important role in maintaining the NAO2 flow into the fol-

lowing March via positive eddy feedback, which triggers a

stationary RWT and further influences the TP, as illustrated

in Fig. 11. We further attribute SELF interaction changes to

AMV-related atmospheric response over the Gulf Stream,

where the oceanic intrinsic processes at multidecadal time

scales contribute to the AMV via meridional heat transport

(Zhang et al. 2019). The turbulent heat flux over the Gulf

Streamduring theAMV1 is significantly enhanced compared to

theAMV2 (Figs. 9a–c), suggesting that the ocean releasesmore

heat into the atmosphere aloft. Such increased oceanic heating is

found to shift the storm track more southward by disturbing

local atmospheric baroclinicity, leading to strengthened SELF

interaction over the subtropical North Atlantic in 408N. To

confirm the results on the climate impacts of the AMV, com-

posite maps are created by using ERA-20C (1920–2010; Figs. S2

and S3). The results were broadly similar to the corresponding

fields based on the patched data of ERA-20C and ERA-Interim

with the period of 1920–2017, such as enhanced turbulent heat

flux over theGulf Stream, a strengthened and southward-shifted

Atlantic storm track, an accelerated subtropical westerly jet, and

an enhanced SELF interaction over the midlatitude North

Atlantic (Figs. 9 and 10).

A key point to note is that the quasi-stationary RWTmainly

propagates along a northward shifted subtropical westerly

waveguide across Eurasia in March during the AMV1 (Fig. 4b

and Fig. S1a), but while along both the subtropical and sub-

polar jets during the AMV2 (Fig. 5b and Fig. S1b). This key

difference finds its root in the variability of the North Atlantic

westerly jet: the AMV1 results in a more equatorward-shifted

FIG. 12. As in Fig. 11, but for a case study of an extreme negative NAO event in February 1986.
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and zonally oriented westerly maximum over the North

Atlantic–Europe sector particularly in March, which is more

likely to convey the NAO signals along the subtropical

waveguide, a result also found in Simpson et al. (2018) and

Simpson et al. (2019); whereas the more tilted North Atlantic jet

stream during the AMV2 might favor the RWTs propagating

along the well-separated subpolar and subtropical routes. This

RWT propagation conveying NAO signals across Eurasia is also

relevant later in the summer season, when the so-called Silk Road

pattern is trapped along a weakened subtropical on the northern

flank of the TP (Liu and Yin 2001; Gao et al. 2013; He et al. 2018;

Orsolini et al. 2015). Further analysis would be necessary to ex-

amine in detail these teleconnections in other seasons.
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