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ABSTRACT 

The spatial-temporal characteristics of the summer atmospheric heat sources over the Tibetan 

Plateau (TP) are revisited in the first part of this dissertation, applying various bias-corrected 

datasets, including reanalyses, gauge observations, and satellite products. Verification-based 

selection and ensemble-mean methods are taken to combine multiple datasets. Compared to 

previous studies focused on the eastern TP, this study pays special attention to the heat sources 

over the data-void western plateau. A climatological minimum in the total heat is found in the 

high-altitude region of the northwestern TP. The TP total heat showed insignificant trends over 

the eastern and central TP (ETP/CTP) during 1984–2006, whereas exhibited an evident increasing 

trend over the western TP (WTP). The interannual variation of total heat over the central-eastern 

TP is dominated by the variation of latent heat from precipitation. However, over the western TP, 

the variation of the total heat is highly correlated with net radiation and surface sensible heat. 

The remote forcings and impacts of the interannual variations in summer heat sources over 

the eastern, central, and western TP are investigated in the second and third parts with 

observational analyses and numerical model experiments. The summer heat source variability is 

affected by different remote forcings across the TP from east to west. The ETP precipitation (i.e., 

latent heating) is likely modulated by North Atlantic Oscillation (NAO) and associated SST 

anomalies through large-scale wave trains propagating from Western Europe to East Asia. On the 

other hand, the increased CTP precipitation is primarily driven by a developing La Niña through 

generating southerly wind anomalies to the south of the CTP, enhancing moisture transport and 

precipitation over the southern CTP. The increased WTP sensible heating is linked to the tropical 

western Pacific cooling, central Pacific warming, and North Atlantic cooling. These anomalous 

SST conditions produce a high-pressure anomaly over the WTP, raising the ground-air temperature 

difference, thereby enhancing the WTP sensible heat. 
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The results in the third part show that the ETP, CTP, and WTP heat sources have different 

impacts on regional climate and teleconnection. A warming center in northwestern Asia and a 

cooling center in western Europe are connected with the ETP heating. The CTP heating is related 

to northeastern Asian warming and East Asia cooling. The WTP heating is linked to the warming 

in southeastern China and the polar region of Asia. The linear wave-train responses to the TP 

heating forcings exhibit notable differences. The ETP heating generates an upper-level wave train 

propagating eastward to the northwestern Pacific. The wave train excited by the CTP heating 

propagated far eastward to central North Pacific. The WTP heating produces a wave train that 

splits into two branches, the northern one propagating northeastward to the Arctic region and the 

southern one propagating eastward to coastal northwestern Pacific. 

The fourth part of this dissertation presents 22 CMIP6 models’ performances and future 

projections for the eastern-TP summer precipitation and sensible heat flux. Nearly all models can 

well simulate the observed climatological precipitation pattern (1979–2014) but overestimate the 

mean by 65%. For sensible heat, nearly half of the models can hardly capture the spatial structure. 

The multimodel ensemble mean of selected high-performance models projects that, under the 

medium emission scenario (SSP2-4.5), the summer precipitation will likely increase by 2.7% per 

degree Celsius global warming due to the future enhancement in surface evaporation and vertical 

moisture transport that are partially offset by weakening ascending motion. The projected sensible 

heat will likely remain unchanged, associated with the likely unaltered surface wind speed.  
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Chapter 1. Introduction 

 
The Tibetan Plateau (TP), also named the Qinghai-Xizang Plateau in China, stands over 

central-eastern Asia, covering about one-quarter of the entire territory of China (Fig. 1.1). It is the 

world’s highest and largest plateau above sea level, with an average elevation exceeding 4000 m 

and an area of 2.5 million km2. The TP is known as the “Roof of the World”, being surrounded by 

massive mountain ranges with the world’s two highest summits, Mount Everest and K2. The 

plateau is bordered to the south by the Himalayas, to the north by the Kunlun Mountains, and to 

the northeast by the Qilian Mountains. The TP is a critical region for the Asian hydrological cycle. 

It contains great glaciers and supplies headwaters of the major rivers in Asia, including the Yangtze, 

Yellow, Mekong, Brahmaputra, Ganges and Indus rivers. The TP is sometimes called the “Third 

Pole” because its ice fields contain the largest freshwater reserve outside the polar regions. 

 
Fig. 1.1. Physical map of Asia for geography (downloaded from https://roundtripticket.me/). The black 
rectangular frame denotes the location of the Tibetan Plateau. 



 

 2 

1.1. Mechanical and Thermal Effects of the Tibetan Plateau 

The TP, a high and huge terrain located in the subtropical westerly jet in winter and between 

the westerly winds to the north and easterlies to the south in summer, has a great impact on 

atmospheric circulation. Mechanically the TP, posing a physical obstacle, can block atmospheric 

flows, split the wintertime westerlies into the northern and southern branches, and thus favors the 

generation of the Great Trough over East Asia (Yeh 1950; Bolin 1950). In the downstream of the 

plateau, the north and south branches of the westerly merge into one jet stream, becoming the 

strongest in the World (Koo 1951). The TP also has a crucial effect on lee cyclogenesis and 

associated northerly cold surges in winter (Murakami and Nakamura 1983). The TP serves as a 

giant barrier that blocks cold outbreaks from the north and confines the winter monsoon to eastern 

and southern Asia (Chang et al. 2006). 

Using then available observations, Yeh et al. (1957) calculated each term of the heat budget 

equation and found that the TP is a weak heat sink in winter but a large heat source in summer. In 

the same year, Flohn (1957) also discovered the summer heating nature of the TP. The mean TP 

altitude lies above 40% of the atmosphere. While the TP receives strong solar radiation at the 

surface, the other parts of Asia at such a level are in the cold middle troposphere. The elevated 

summer heat sources over the TP profoundly influence atmospheric circulation and regional-to-

global weather and climate. Early researches mainly focus on the roles of the TP heat source in 

climatological mean circulations. The TP heating helps maintain the Tibetan or South Asian High 

(Flohn 1981; Zhang et al. 2002) and form a strong upper-tropospheric negative vorticity source 

(Ye and Wu 1998; Liu et al. 2001) in summer. The TP heat source also serves as a huge air pump 

driven by the surface sensible heating over the TP (Wu et al. 1997, 2004) and contributes 

substantially to the Asian monsoon onset and the abrupt seasonal transition (Li and Yanai 1996; 

Ueda and Yasunari 1998; Wu and Zhang 1998).  
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1.2. Interannual Variations in Summer Heat Sources over the Tibetan Plateau 

Recent studies pay more attention to the striking impacts of the interannual variations in the 

TP heat source on circulation and precipitation (e.g., Zhao and Chen 2001; Wang et al. 2014; Hu 

and Duan 2015). Chen et al. (2015) found a linkage between the year-to-year evolution of summer 

diabatic heating over the TP and the deep convection over eastern China with the downstream 

moisture transport. Duan et al. (2017) suggested that the surface sensible heating over TP 

influenced the interannual variation of the western Pacific subtropical high. Through a modeling 

study, Lu et al. (2018) showed that the TP surface heating could also affect the ‘upstream’ climate 

over West Asia, North Africa, South Europe, and North Atlantic through the intensified and 

westward-extended South Asian High. Moreover, some authors used the snow cover or snow depth 

on the TP as a proxy of the thermal condition of the TP, especially the western TP (WTP), to 

investigate the climate effects of its variability (e.g., Y.-S. Zhang et al. 2004). Z. Wu et al. (2016) 

discovered that the WTP snow cover in summer could influence the interannual variations of 

summer heatwave frequencies over Eurasia through a southern Europe-northeastern Asia (SENA) 

teleconnection. Xiao and Duan (2016) demonstrated that the winter or spring snow cover 

anomalies over the WTP and the Himalayas could last until summer and further influence the East 

Asia summer rainfall variability by modulating the moisture transport to Eastern China. In contrast 

to the widely known role of the central-eastern (CE)-TP heat sources in Asian summer monsoon 

system (e.g., Gao et al. 1981, Yanai et al. 1992, Ye and Wu 1998, Hsu and Liu 2003, Rajagopalan 

and Molnar 2013, Z. Wang et al. 2016), the distinct importance of the WTP heating in the climate 

system has been recently documented but remains poorly understood. Therefore, it is critical to 

distinguish the effects of WTP heating from CE-TP heating for evaluating climate models and 

further improving climate prediction. 
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Compared to the major focus on the impacts of the TP thermal forcing, much less attention 

has been paid to the origins of the variability of the TP heating. The North Atlantic Oscillation 

(NAO) is considered to be one important source for the precipitation variability over the TP at the 

interannual timescale (Liu and Yin, 2001; Z. Wang et al. 2018). During the latest decade, more 

studies have worked on finding the controlling factors. Bothe et al. (2010) found a linkage between 

positive (negative) El Nino/Southern Oscillation and Indian Ocean Dipole episodes and the 

extreme dryness (wetness) over the TP. Cui et al. (2015) found that the North Atlantic sea surface 

temperature anomaly in early spring could change the spring wind speed and circulation over the 

TP through the eastward propagation of Rossby waves and thus influence the in-situ sensible heat 

variability. Jiang et al. (2016) pointed out that the convection around the western Maritime 

Continent could modulate the interannual variation of summer LH over the southeastern TP. Dou 

et al. (2017) found that the May Southern Hemisphere annular mode exhibits a significant positive 

relationship with the interannual variations in the WTP snow cover during summer through both 

atmospheric bridge and oceanic bridge. Considering that each previous study always focused on 

one or two factor(s) that influence the TP heating and few works separately studied the origins for 

the ETP, CTP, and WTP heating, it is our interest to find possible different remote forcings for the 

interannual variations of the ETP, CTP, and WTP summer heat sources. 

 

1.3. Climate Change on the Tibetan Plateau 

As the “Third Pole” in the world, the TP is particularly sensitive to climate change (Liu and 

Chen 2000; Cheng and Wu 2007; Yao et al. 2019). Wang et al. (2008) found that the surface 

temperature on the CE-TP increased by 1.8 °C during 1960–2007, and the TP surface warming can 

enhance the frontal rainfall in East Asia through two Rossby wave trains and an isentropic uplift 

to the east of the TP. Besides, the reduction in the TP sensible heating connected with the TP 
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tropospheric warming can regulate summer rainfall changes over eastern China and weaken the 

East Asian summer monsoon circulation (Duan and Wu 2009; Duan et al. 2013). 

Due to the notable impacts of climate change on the TP, it is critical to understand how the 

TP heat sources will change in the future. General circulation models (GCMs) are the primary 

tools for projecting future climate change. The Coupled Model Intercomparison Project (CMIP) 

makes plentiful standardized model outputs publicly available, considerably facilitating 

multimodel analyses. Previous works found that both surface air temperature and precipitation are 

projected to increase over the TP under the CMIP5 RCP-based scenarios in the 21st century (Su et 

al. 2013; Chen and Frauenfeld 2014a, b; Jia et al. 2019a, b). However, much less attention has 

been directed at the projection of the surface sensible heat over the TP. Moreover, few studies have 

further explored what factors contribute to the future change of both precipitation (i.e., 

condensational latent heat) and sensible heat over the TP. Therefore, the future projections of the 

TP summer heat sources with the contributors to those future changes need to be further examined 

using the newest CMIP6 model products. 

 

1.4. Research Goals and Scientific Questions 

Our further understanding of the TP thermal forcing is hampered by the sparseness and the 

lack of observational data over the complex topography, especially over the western TP. To 

accurately quantify the summer heat sources is still a major topic of TP meteorology. Early works 

using short-term experimental data or only one set of reanalysis data have great uncertainty in the 

TP heat source diagnostics (Yanai et al. 1992; Zhao and Chen 2001; Duan and Wu 2005). Recent 

studies utilized the relatively long-term station data (Duan and Wu 2008; Yang et al. 2011), but the 

surface observation stations on the TP cannot cover the entire plateau region; in particular, stations 

are scarce in the WTP. Existing research works have shown the considerable differences between 
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heat sources over the eastern TP and the western TP (Luo and Yanai 1984; Wu et al. 2007; Chen 

et al. 2015; Jiang et al. 2016). Thus, it is necessary to investigate their characteristics separately 

using a reliable dataset covering the whole plateau. 

The major goals of this dissertation are (1) to develop a new dataset of summer heat sources 

over the entire TP region (Chapter 2), (2) to explore the origins and impacts of the interannual 

variations in the western, central, and eastern-TP heat sources (Chapter 3 and 4), and (3) to 

investigate the future changes of the TP heat sources (Chapter 5). Specific questions addressed in 

each chapter are described below. 

 In Chapter 2: Are the summer climatology patterns and long-term trends of the WTP heat 

sources different from those of the CE-TP heat sources? What are the possible causes for those 

differences? 

In Chapters 3 and 4: Are the origins and impacts of the interannual variations in the WTP 

heat sources different from those of the interannual variations in the CE- TP heat sources? How 

do those remote forcings regulate the variations of the TP heat sources, and how do the TP heat 

sources influence the circulation and climate? 

In Chapter 5: Are the performance of CMIP6 models on the TP heat sources significantly 

improved compared to CMIP5 models? What are the future changes of the TP heat sources, and 

what are the contributors to those changes? 
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Chapter 2. An Integrated Analysis of Summer Heat Sources over the 

Entire Tibetan Plateau Region 
 

2.1. Abstract 

Multiple bias-corrected top-quality reanalysis datasets, gauge-based observations, and 

selected satellite products are synthetically employed to revisit the climatology and variability of 

the summer atmospheric heat sources over the Tibetan Plateau (TP). Verification-based selection 

and ensemble-mean methods are utilized to combine various datasets. Different from previous 

works, this chapter pays special attention to estimating the total heat source (TH) and its 

components over the data-void western plateau (70° - 85°E), including the surface sensible heat 

(SH), latent heat released by precipitation (LH), and net radiation flux (RD).  

Consistent with previous studies, the climatology of summer SH (LH) typically increases 

(decreases) from southeast to northwest. Generally, LH dominates TH over most of the TP. A 

notable new finding is a minimum TH area over the high-altitude region of the northwestern TP, 

where the Karakoram Mountain Range is located. It is found that during the period of 1984-2006, 

TH shows insignificant trends over the eastern and central TP, whereas exhibits an evident 

increasing trend over the western TP that is attributed to the rising tendency of LH before 1996 

and that of RD after 1996. The year-to-year variation of TH over the central-eastern TP is highly 

correlated with that of LH, but that is not the case over the western TP where the TH is significantly 

correlated with RD and SH. It is also worth noting that the variations of TH in each summer month 

are not significantly correlated with each other, suggesting remarkable subseasonal variations in 

the TP heat sources.   
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2.2. Introduction 

The total heat source (TH) is a physical quantity used to express the diabatic heating in an air 

column. For a given location, an atmospheric TH is the net heat gain or loss within a given period. 

It is therefore defined as the sum of three components (Yanai et al. 1973; Luo and Yanai 1984; 

Duan and Wu 2008): local surface sensible heat flux transferred to the atmosphere from land or 

ocean surface (SH), latent heat released to the atmosphere by total precipitation (LH), and net 

radiation flux of the air column (RD). Variations of different components are associated with 

distinct land and atmospheric processes. 

Much effort has been devoted to investigating the vertical structure, spatial pattern and 

temporal variation of atmospheric heat sources over the TP (e.g., Wang et al. 2012; Zhu et al. 2012; 

Shi and Liang 2014). Luo and Yanai (1984) calculated the vertical profiles of apparent heat source 

(Q1) and moisture sink (Q2) over the WTP and the eastern TP (ETP) in June and found that the 

diabatic heating is intense in the surface layer over the WTP, while almost half of the ETP heating 

is contributed by latent heat release. Showing the spatial pattern of July climatological heat sources 

over the TP, Duan and Wu (2005) indicated that LH is dominant over the central, southern and 

eastern TP, while SH is comparable to LH over the WTP, and intensity of radiative cooling exceeds 

that of SH over the main body of the plateau. Wu et al. (2007) studied the seasonal evolution of 

thermal forcing over the TP. They found that LH is significant in summer and becomes much 

weaker in autumn and winter, while the near-surface SH is still very strong, thus the shape of the 

TH profile follows that of SH quite well in all seasons. Recent works paid more attention to the 

interannual variations of TH and its components over the TP. Chen et al. (2015) investigated the 

year-to-year evolution of vertically integrated Q1 and Q2 over the TP and eastern China, and they 

suggested that the deep convection over eastern China is linked with the convection over the ETP 

through downstream moisture transportation. Using a set of state-of-the-art estimations of the heat 
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sources in the period of 1984-2004 developed by Yang et al. (2011), Jiang et al. (2016) also studied 

the interannual variation of summer heat sources over the station-covered TP region. They pointed 

out that the convection around the western Maritime Continent could modulate summer TH over 

the southeastern TP by modulating LH.  

Previous works have indicated considerable differences between heat sources over the ETP 

and the WTP, thus it is necessary to investigate their variations separately. In contrast to the widely 

known crucial role of the CE-TP thermal forcing played in Asian climate, the distinct importance 

of the western TP (WTP) total heating has been documented (e.g. Wu et al. 2016; Xiao and Duan 

2016) but remains poorly understood. Hence, a reliable estimate of the heat sources over the WTP 

is in urgent need since it’s critical for distinguishing the role of the WTP heating in regional to 

global climate system from that of the CE-TP heating, for evaluating climate models, and further 

for improving the climate prediction. 

This chapter revisits the summer climatology, linear trends, and interannual variations of TH 

and its three components over the whole TP region. So far, how to quantify the heat sources is still 

a major topic of the TP meteorology. Reliable estimation of the heat sources over the TP is a basis 

for representing their characteristics and further understanding their impacts on climate. Some 

early works applied only one set of reanalysis data, which has great uncertainty in TP diagnostics. 

For instance, Duan and Wu (2005) pointed out that SH is probably underestimated while 

precipitation is overestimated in the NCEP/NCAR data. Others utilized biased satellite datasets 

and oversimplified methods (e.g., Ye and Gao 1979; Yanai et al. 1992; Zhao and Chen 2001), 

which also induce errors. Most of the recent studies, instead, adopted the more accurate station 

data (e.g., Duan and Wu 2008; Jiang et al. 2016). Yang et al. (2011; hereafter Yang11) developed 

a set of new estimations of the TP heat sources based on observational station data, an updated 

land surface model and selected satellite data. However, surface observation stations on the TP 
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cannot cover the entire TP region; in particular, stations are scarce in the western part of the TP 

due to the harsh natural conditions in mountainous areas (Fig. 2.1).  In order to investigate the heat 

sources over the ETP and WTP simultaneously, this chapter synthetically applies the 

station/gauge-based observations, carefully selected satellite products and multiple bias-corrected 

reanalysis datasets to estimate the heat sources over the entire TP.  

 
Fig. 2.1. Topography (m) of the Tibetan Plateau and the locations of 77 Chinese Meteorological 
Administration (CMA) stations on the TP (white triangles). 

This chapter is organized as follows. A thorough description of the data and analysis 

procedures used in this chapter is given in section 2.3. Section 2.4.1 introduces the summer 

climatology and variance of TH and the contributions from its three components. Section 2.4.2 

presents the long-term trends and year-to-year variations of heat sources over different sub-regions 

of the TP. The discussion and conclusions are presented in section 2.5 and 2.6, respectively.  

 

2.3. Data and Methods 

2.3.1. Estimating sensible heat flux 

(1) CONVENTIONAL METHOD 

Due to the lack of direct observations on surface heat fluxes, SH is conventionally calculated 

from station data by the following bulk aerodynamic method (e.g., Duan and Wu 2008): 



 

 11 

𝑆𝐻 = 𝐶<𝜌>𝐶?@𝑈$(𝑇D − 𝑇>), (2.1) 

where ρa (kg m-3) is the air density, Cp (=1004 J kg-1 K-1) is the specific heat of air at constant 

pressure, U0 (m s-1) is the observed near-surface wind speed, Ts (K) is the ground skin temperature, 

Ta (K) is the surface air temperature, and CDH is the bulk heat transfer coefficient. The wind speed 

U0 and the ground-air temperature difference (Ts - Ta) are the two key factors influencing SH. This 

method is limited by the deficient station data over the WTP, and also obviously depends on the 

empirical selection of CDH. This coefficient is affected by surface roughness and atmospheric 

stability, thus varies from location to location and also changes with time (Yang et al. 2011). The 

chosen values of CDH differ widely among different studies (e.g., Ye and Gao 1979; Li et al. 2000; 

Duan and Wu 2008). Improper choice of the CDH value may lead to a large bias in the results. 

(2) NEW METHOD 

In this study, we apply a merged method to carefully selected outputs of surface sensible heat 

flux (W m-2) in multiple high-quality reanalysis datasets.  

i) Data 

Since the reanalysis products have assimilated observations for constraining models, it is 

reasonable to use the reanalysis data as a substitute for the observations in the station-rare region. 

However, the reanalysis data are commonly known as biased particularly for the highland like the 

TP. Therefore, verification and bias correction are necessary before selecting the datasets.  

SH from eight candidate widely-used reanalysis datasets are first tested, including NCEP-

DOE Reanalysis 2 (NCEP-R2, Kanamitsu et al. 2002; T62 Gaussian, 1979-present), NCEP 

Climate Forecast System Reanalysis (CFSR, Saha et al. 2010; 0.5°×0.5°, 1979-2010), ECMWF 

Interim Reanalysis (ERA-Interim or ERA-I hereafter, Dee et al. 2011a; 1°×1°, 1979-present), 

Japanese 25-year Reanalysis (JRA-25, JMA 2008; 1.125°×1.125°, 1983-2008), Japanese 55-year 

Reanalysis (JRA-55, JMA 2013; 1.125°×1.125°, 1958-2013), Modern-Era Retrospective Analysis 
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for Research and Application Version 2 (MERRA-2, Gelaro et al. 2017, GMAO 2015; 0.5°×0.625°, 

1980-present), Global Land Data Assimilation System Version 2 with Noah Land Surface Model 

3.3 (GLDAS-2, Rodell et al. 2004, Beaudoing and Rodell 2015; 1°×1°, 1948-2010), and 

FLUXNET (Global network of flux tower sites, NASA)-Model Tree Ensemble (FN-MTE, Jung et 

al. 2011; 0.5°×0.5°, 1982-2009).  

ii) Bias correction procedures 

Yang11’s estimation of SH uses an updated land surface model with the input of high-

resolution station data, and it has been evaluated against experimental data. Zhu et al. (2012) 

verified that Yang11’s SH is almost equivalent with their observed result calculated by Chinese 

Meteorological Administration (CMA) station data using the bulk aerodynamic method. So, we 

take Yang11 as the observed ground truth, then compare each reanalysis dataset with Yang11’s 

result over the CE-TP, and finally choose the best of them to make a merged SH estimation. Since 

the criterion data from Yang11 only covered the period of 1984-2006 and the following satellite 

products also ended in 2007, the time ranges and the grids of all datasets used in this study are 

uniformed to 1984-2006 and 1°×1°. The boreal summer season [June-August (JJA)] is chosen. 

Patterns of JJA climatology of SH in eight reanalysis datasets and Yang11 are shown in Fig. 

2.2. The dark dots in Fig. 2.2(i) denote the locations of 77 CMA stations. Over the CE-TP, almost 

all datasets show that the northwest is higher than the southeast, except the two JMA reanalysis 

datasets. The magnitudes of SH in some datasets are generally higher than that in Yang11, 

especially in MERRA-2 and GLDAS-2. Over the western corner of the plateau, the differences 

among different datasets are significant. Some are very small or even negative, while others are 

very large. In spite of this, most of the datasets have a minimal value region over there. This feature 

cannot be speculated by just looking at the spatial pattern of the CE-TP heating, which, again, 

stresses the significance of finding accurate data over the WTP. 
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Fig. 2.2. Patterns of JJA mean SH (W m-2) over the TP from nine datasets. The black curve outlines the 
TP region with height over 2500 m. The dots in (i) denote the CMA stations. 

After masking out the areas without stations, we can quantitatively compare the station-

covered-area-mean (see “Mean” in Table 2.1), pattern correlation coefficient (PCC) and 

normalized root mean square error (NRMSE-0) between SH in each reanalysis dataset and in 

Yang11 (Table 2.1). Apparently, the values of PCC/NRMSE substantially differentiate from each 

other. Thus, 5 datasets with the highest PCCs are selected first: MERRA-2 (0.82), CFSR (0.77), 
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GLDAS-2 (0.75), ERA-I (0.7) and FN-MTE (0.7). However, some of their NRMSEs are not small 

(larger than 1) owing to large area-mean difference (see “Bias” in Table 2.1).  

Table 2.1. Comparison between JJA SH in each reanalysis dataset and in Yang11. The units of mean 

and bias are W m-2. 

 Mean Bias PCC NRMSE-0 NRMSE-1 Correlation 

Yang11 49.5 - - - - - 

NCEPR-2 51.6 2.1 0.51 1.06 1.05 0.68 

CFSR 65.1 15.6 0.77 1.00 0.64 0.79 

ERA-I 42.1 -7.4 0.70 0.81 0.72 0.91 

JRA-25 48.4 -1.1 0.32 0.98 0.98 0.52 

JRA-55 49.7 0.2 0.13 1.03 1.03 0.89 

MERRA-2 82.7 33.2 0.82 1.72 0.58 0.86 

GLDAS-2 69.2 19.7 0.75 1.19 0.70 0.78 

FN-MTE 52.3 2.8 0.70 0.72 0.70 0.73 

Merged 49.5 0.0 0.87 - 0.50 0.93 
 

These non-ignorable mean biases are mainly due to the imperfect model representations of 

the complex TP topography as well as the terrain-dependent physical processes in reanalyses. In 

order to retain those datasets that have advantages in spatial variations, mean bias correction is 

performed for each reanalysis dataset, which is to remove the mean difference (bias) from the 

original SH value (Fig. 2.3 a-h). Consequently, NRMSEs have been reduced significantly 

(NRMSE-1 in Table 2.1). Then the 5 datasets with the highest PCCs also have the lowest NRMSEs. 
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Fig. 2.3. (a-i) Same as Fig. 2.2, except for bias-corrected SH (W m-2). (j) Merged SH by averaging b, c, 
f, and g. 

Apart from climatology, we also care about the long-term trend and year-to-year variation of 

the heat source. The temporal variations of station-covered-area-average SH in eight reanalysis 

datasets and Yang11 are presented in Fig. 2.4 (mean biases are not removed in this figure). 

Consistent with previous studies (e.g., Duan and Wu 2008; Yang et al. 2010; Wang et al. 2012; Zhu 

et al. 2012), almost in all datasets, including Yang11’s, SH shows a clear decreasing trend, except 
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for JRA-25 and FN-MTE. The correlation coefficients between the time series of each reanalysis 

dataset and Yang11 are given in Table 2.1 (see Correlation). The five datasets we choose before 

also have high temporal correlations. JRA-55 has high correlation coefficient as well but its PCC 

is too low. Another special case is FN-MTE, which has a very small year-to-year variation. 

Therefore, we eliminate FN-MTE, and merge the rest four best datasets (CFSR, ERA-I, MERRA-

2 and GLDAS-2) using arithmetic average (Fig. 2.3 j). The merged SH has the highest PCC, lowest 

NRMSE and highest correlation coefficient (Table 2.1). For this 4-set ensemble, the signal to noise 

ratio (SNR), i.e., the standard deviation of the ensemble series divided by the time average of the 

spread in each year, is 1.51 (Fig. 2.5). 

 
Fig. 2.4. Linear trends and interannual variations of summer SH (W m-2) averaged over the station-
covered area on the TP from multiple datasets recorded during 1984-2006. 
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Fig. 2.5. Time evolution of the mean-removed 4-dataset-merged JJA SH (black line; W m-2) over the 
station-covered TP area plus/minus one ensemble standard deviation (grey shading; W m-2). 

The selected four reanalysis datasets have their respective strengths contributing to their 

better performances in SH over the TP. CFSR is the only reanalysis based on a coupled 

atmosphere-ocean-land-sea-ice forecast model (Zhang et al. 2013). ERA-I uses an optimal 

interpolation (OI) scheme to directly analyze observations of 2m-temperature (T) and humidity (q) 

from surface stations (Dee et al. 2011b), thus its superior near-surface T and q assimilations may 

favor the better estimation of surface SH. In MERRA-2, the observation-corrected precipitation 

data is applied directly as part of the forcing for the land surface parameterization (Reichle and 

Liu 2014). GLDAS-2 utilizes a high-quality vegetation classification map considering the fluxes 

of energy and water at the land surface is strongly tied to the properties of the vegetation (Rodell 

et al. 2004). 

We further assume that the bias is systematic: in one dataset, no matter whether over the 

western or eastern TP, a uniform bias value is removed for all grid points over the whole TP. 

Therefore, the merged SH is obtained by averaging the four bias-corrected datasets. 

2.3.2. Estimating latent heat release by precipitation 

LH is calculated by total precipitation via the following formula: 

LH = Pr 	× 	𝐿P 	× 	𝜌, (2.2) 
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where Pr includes convective and large-scale precipitation, Lw = 2.5×10-6 J kg-1 is the condensation 

heat coefficient, and ρ = 103 kg m-3 is the density of liquid water. 

For Pr, we take an average of the following four gauged-based/merged precipitation datasets: 

(1) NOAA’s Precipitation Reconstruction over Land (PREC/L, Chen et al. 2002): 

Interpolation of gauge observations over land (1°×1°, 1948-present); 

(2) APHRODITE’s (Asian Precipitation – Highly-Resolved Observational Data Integration 

Towards Evaluation) continental-scale product (Yatagai et al. 2012): Apply a dense network of 

rain-gauge data for Asia including the Himalayas (0.5°×0.5°, 1951-2007); 

(3) GPCP Version 2.2 Combined Precipitation Data Set (Adler et al. 2003): Data from rain 

gauge stations, satellites, and sounding observations have been merged to estimate monthly rainfall 

(2.5°× 2.5°, 1979-2015); 

(4) CPC Merged Analysis of Precipitation (CMAP, Xie and Arkin 1997): Multiple satellite 

estimates and gauge data are merged (2.5°× 2.5°, 1979-present). 

For the precipitation, the better representation by gauge-based and merged datasets than 

reanalysis over the TP has been confirmed by many previous studies (Tong et al. 2014; You et al. 

2015; Song et al. 2016). Thus, we also utilized the above four such better datasets for merging 

precipitation, i.e. for estimating LH over the TP. The climatological patterns and temporal 

evolutions of LH from the four gauged-based datasets and the 4-merged data are shown in Figs. 

2.6 and 2.7. The JJA-mean LH in each dataset is highly correlated with each other (high PCC). 

There is an increasing trend in the total-TP averaged LH (Fig. 2.7). In addition, the SNR of the 

four gauge-sets ensemble is 1.54 (Fig. 2.8), indicating the high quality of the G-merged LH 

estimation. 
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Fig. 2.6. Patterns of the summer climatology of LH (W m-2) over the TP obtained from the four gauge-

based datasets (a–d) and the gauge-merged data (e; G-merged) that is the ensemble mean of (a) to (d). 

 
Fig. 2.7. Temporal evolutions of summer LH (W m-2) averaged over the whole TP region (altitude > 
2500 m) in multiple datasets. 



 

 20 

 
Fig. 2.8. Time series of the mean-removed G-merged JJA LH (black line; W m-2) over the total TP area 
plus/minus one ensemble standard deviation (grey shading; W m-2). 

2.3.3. Estimating net radiation flux 

RD is defined by the expression:  

																			RD = RDST7↓ − RD,VW↓  

= XSWST7
↓ − SWST7

↑ −	LWST7
↑ \ − XSW,VW

↓ 	− 	SW,VW
↑ + LW,VW

↓ − LW,VW
↑ \, (2.3) 

where RDST7↓  and RD,VW↓  are net downward radiative fluxes at the top of the atmosphere (toa) and 

at the ground surface (sfc), respectively. The superscript ↓ (↑) represents downward (upward) 

transport, and the variable SW (LW) denotes shortwave (longwave) radiative flux. 

We calculate RD using radiative fluxes from the following two satellite products that are the 

major global data sets for the radiation budget: 

1) NASA/GEWEX Surface Radiation Budget Release-3.0/3.1 (SRB, SRB Science Team 

2010 and 2012; 1° × 1°, 1983-2007);  

2) International Satellite Cloud Climatology Project Flux Data (ISCCP–FD, Y.-C. Zhang et 

al. 2004; 2.5°×2.5°, 1983-2007).  

From earlier studies, we know that there are some discrepancies between these two satellite 

datasets (Yang et al. 2011; Wang et al. 2012), so we look into each term of RD to see where the 

differences are. It can be found that the difference is much larger at the surface (SFC) than at the 
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top of the atmosphere (TOA) (Fig. 2.9). The PCC between SRB and ISCCP net radiation at TOA 

is 0.74 while that at SFC is only 0.40, and the correlation coefficient of the time-series is 0.73 at 

TOA but near zero at SFC. Thus, we take the ensemble mean of SRB and ISCCP net radiation at 

TOA, and at the surface, we need to further investigate which term leads to the difference.  

 
Fig. 2.9. Patterns of the summer climatology (left) and temporal evolutions (right) of net radiation (W 
m-2) at the top of the atmosphere (TOA) and at the surface (SFC) over the TP obtained from SRB and 

ISCCP respectively.  

Fig. 2.10 shows the climatology of the 4 components (downward SW, LW and upward SW, 

LW) of the surface net radiation over the TP from SRB and ISCCP respectively. The PCCs of 

downward SW, LW and upward LW between the two datasets are higher than 0.8, and the PCC of 

upward SW is 0.6. It can be found that there are large biases between the temporal evolutions of 

the LW radiation, and the correlation between the SRB and ISCCP upward SW is very low (Fig. 

2.11). The SRB downward SW and that of ISCCP are highly correlated with each other.  
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Fig. 2.10. Summer climatology of the four radiative components (downward SW, LW and upward SW, 

LW; W m-2) of the surface net radiation over the TP from SRB and ISCCP respectively. 

 
Fig. 2.11. Temporal evolutions of the radiation components (W m-2) averaged over the whole TP. 
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Zhang et al. (2006) summarized that two sets of the input data from Earth observations used 

for radiative transfer models largely limit the accuracy of surface radiative flux estimates in 

satellite products: the near-surface atmospheric radiative properties (temperature and humidity) 

and the surface radiative properties (e.g. surface skin temperature, solar albedo and infrared 

emissivity). The leading factor that causes problems with the surface downward (upward) LW is 

the surface air (skin) temperature (Zhang et al. 2006). A disagreement of 2-4 K in temperature can 

easily cause 10-15 W m-2 uncertainties in the calculated surface LW. Yang et al. (2006) showed the 

lower-than-observed surface air and skin temperature over the TP in ISCCP data that led to 

considerably underestimates of the surface downward and upward LW, respectively. Another factor 

that affects LW is the surface elevation. The altitudes in SRB and ISCCP grids are generally higher 

than the corresponding observational sites over the TP (Yang et al. 2006). However, the SRB used 

herein is an updated version (release 3.0) in which the LW estimates are adjusted for the elevation 

difference between the 1°x1° grid box mean elevation and the site elevation (Stackhouse et al. 

2011). Yang et al. (2006) confirmed that the height correction could largely reduce the errors in 

SRB LW but not work for ISCCP LW. The land surface albedo, an important input quantity in a 

radiative transfer model for SW calculation, is also one of the major sources of uncertainties for 

these radiative products (Zhang et al. 2007). The albedo of complex land surface like the Tibetan 

Plateau is more difficult to determine since it’s variant and affected by the precise mixture of 

soil/rock, vegetation and snow and the temporal variations of vegetation activity and snow. The 

uncertainty in surface albedo could result in the large difference in the upward SW between the 

two datasets. After evaluating the TP surface radiation, Yang et al. (2006) suggested that SRB is 

better than ISCCP for LW while ISCCP is more reasonable for SW. 

The selection of which product for which radiative term is based on the conclusions from 

previous works and also a comparison with a latest satellite dataset CERES (Kato et al. 2018; Loeb 
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et al. 2018). We compared each surface radiative term in the SRB and ISCCP data with that in 

CERES (figure not shown), only using the data after 2000, and similar conclusion with Yang’s 

(2006) can be obtained. Thus, for the final RD estimates, we take the average of SRB and ISCCP 

for the net radiation at TOA and for the surface downward shortwave radiation; for other 

components at surface, we apply the SRB-only longwave radiation and the ISCCP-only upward 

shortwave radiation.  

 

Therefore, the expression of the total heat (TH) source is the sum of the abovementioned three 

components: 

TH = SH + LH + RD. (2.4) 

 

2.4. Characteristics of the Tibetan Plateau Heat Sources 

2.4.1. JJA climatology and variance  

Before discussing the temporal variations in the heat sources over the TP, it is necessary to 

first examine the summer climatology in terms of the spatial distribution of JJA mean heat sources. 

To reveal the different contributions of individual components to the year-to-year variation of TH, 

we also analyze the variances (i.e., standard deviations) of TH and its three components.  

Figure 2.12 shows the climatological means of JJA TH, SH, LH, and RD, and their variances 

over the TP. Generally, the climatology has a southeast-to-northwest oriented distribution, except 

RD. In opposite to the distribution of SH, which is higher over the northwest (> 50 W m-2), TH 

and LH are higher over the southeastern TP (>70 W m-2) than over the northwestern TP (< 40 W 

m-2). The pattern of RD is more homogeneous with a negative value (~ -50 W m-2), exhibiting the 

net radiative cooling effect. The TH pattern almost resembles that of LH but with smaller 

magnitude. A minimum value appears in an area on the northwestern TP (around 76°E, 36°N), 
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where TH even becomes negative. Over there, SH also presents a minimum value, and LH is 

relatively small, whereas the radiative cooling is strong. In that particularly high-altitude region, 

where the Karakoram Mountain Range is located, many glaciers are cover by a layer of debris 

(Veettil 2012), which insulates the ice surface from the warmth of insolation. 

 
Fig. 2.12. JJA mean (shading; W m-2) and variance (contours; W m-2) of (a) SH, (b) LH, (c) RD, and (d) 
TH over the TP from 1984 to 2006. The black curve outlines the TP region with height over 2500 m.  

The reason for forming the JJA climatology pattern of LH (decrease from southeast to 

northwest) is mainly because the moisture sources for the TP regions in summer come from the 

south (Indian summer monsoon) and the east (East Asian summer monsoon) through the strong 

summer monsoon. The high mountains in the southern flank of the TP prevent the moisture from 

transporting further northward. The northwestern TP is far inland, so that the moisture could hardly 

reach to that region. Similar changes are also reflected in vegetation, which varies from forest to 

grassland and then desert (Liu and Yin 2001). The spatial distribution of JJA SH (increase from 

southeast to northwest) is generally opposite to the distribution of LH. The northwest inland areas 

have less precipitation, so the surface can receive more solar radiation on sunny days. The less-
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vegetation-covered WTP has stronger surface wind speed and surface warming (directly receiving 

more incoming solar radiation) that induces higher surface ground-air temperature difference and 

thus stronger SH. RD shows an overall cooling effect, since the direct heating of the atmosphere 

by solar radiation is much smaller than the energy loss caused by the outgoing long-wave radiation. 

The standard deviation (variance) is calculated after removing the linear trend in order to 

represent the magnitude of interannual variation. The spatial distributions of variance basically 

resemble the patterns of mean for both LH and TH, which have higher values over the southeastern 

TP (>10 W m-2). The variance of SH in the western and southern side (> 6 W m-2) is larger than 

that in the northeast. RD has relatively homogeneous variance (~ 6 W m-2). The relative standard 

deviation (RSD), i.e., the proportion of the standard deviation to the mean, can better express the 

relative importance of the interannual variability. For SH and RD, the RSD is about 10%, whereas 

it’s around 15% for LH. The RSD is generally larger than 15% for TH. In particular, the RSD over 

the western and northern parts, exceeding 40%, is extremely large due to the small value of the 

mean TH, thus indicating a prominent year-to-year variation there. 

For both the mean and variance, LH has the largest magnitude over most of the TP, 

particularly over the southern and eastern regions. Over the WTP, the mean SH exceeds mean LH, 

and the magnitude of mean RD is comparable with that of mean SH. Comparing the pattern of TH 

with that of SH, LH, and RD, it can be seen that the spatial variation of summer TH is overall 

dominated by LH. During the rainy season, the latent heat released from monsoon rainfall is the 

dominant heat source over the TP. 

To quantitatively compare the heat sources over different parts of the TP, the entire TP region 

has been divided into 3 sub-regions: the western TP (WTP, 70°E-82°E), central TP (CTP, 82°E-

92°E) and eastern TP (ETP, 92°E-105°E). Actually, there is no natural boundary partitioning the 

TP. Hu et al. (2021) showed that the first two EOF leading modes of the TP precipitation (i.e., 
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latent heat) present an east-west distribution pattern. The most significant anomalous center of the 

first (second) EOF mode is located in the south-central (southeastern) TP. Therefore, it is 

reasonable to divide the plateau into east and west parts. In order to highlight the most western 

part, we move the western-central boundary westward from conventionally used 85°E to 82°E. 

The area-mean values of TH and its three components in every summer month are given in Table 

2.2. LH plays the most important role in TH over the CE-TP and in July-August, while SH is lager 

in June and over the CW-TP. Radiative cooling is strongest in August.  

Table 2.2. The areal mean of monthly climatology of summer atmospheric heat sources (W m-2) over 
various sub-regions of the TP, and the ratio of JJA mean of each heat component to TH. 

  June July August JJA mean JJA component 
to TH ratio 

ETP 

SH 45.5 39.0 34.4 39.6 0.57 

LH 75.2 83.6 72.5 77.1 1.11 

RD -44.7 -45.1 -52.5 -47.4 -0.68 

TH 76.0 77.5 54.4 69.3 - 

CTP 

SH 60.5 51.2 42.8 51.5 0.82 

LH 40.8 62.8 59.4 54.3 0.86 

RD -41.1 -40.4 -47.3 -42.9 -0.68 

TH 60.1 73.7 54.9 62.9 - 

WTP 

SH 51.8 52.6 47.1 50.5 1.37 

LH 24.2 41.1 37.3 34.2 0.93 

RD -40.9 -46.2 -56.4 -47.8 -1.30 

TH 35.1 47.5 28.1 36.9 - 
 

2.4.2. Temporal variations: long-term trends and interannual variations 

Next, we analyze the long-term trend and year-to-year variations of JJA TH and its three 

components in the three parts of the TP respectively since they show large spatial inhomogeneity 

(Fig. 2.12). The method of area-average is utilized to get the time series over each sub-region (Fig. 
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2.13), and the area-mean value has been removed. 

 
Fig. 2.13. Temporal variations of summer anomalies for TH, SH, LH, and RD (W m-2) in JJA over the 
(a) ETP, (b) CTP, and (c) WTP. The black dashed line denotes the linear trend of TH over each sub-
region. 

A slight decreasing trend appears in TH over the ETP (Fig. 2.13a) due to the downtrend of 

RD an SH that is partly offset by the uptrend of LH. The increasing trend in TH over the CTP is 

relatively weak (Fig. 2.13b). Oppositely, TH over the WTP shows a considerable ascending trend, 

about 6.6 W m-2 per decade that exceeds the significance level of 99%, following the strong rising 

in precipitation before 1996 and the weakening of radiative cooling after 1996 (Fig. 2.13c).  

The downward trend of the radiative forcing is likely caused by multiple sources. The 

strengthening of radiative cooling (decrease of negative RD value) is closely associated with the 
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persistent decline of daytime total cloud amount since mid-1970s (Duan and Wu 2006). Wu et al. 

(2015) concluded that the intensification of radiative cooling since 1980s is due to the enhanced 

outgoing radiation at TOA, as a combined effect by global warming and change in cloud height. 

More low-level cloud cover with strong reflection to SW intensified the outgoing SW. The higher 

surface emissivity under planetary warming and the decrease in total cloud cover (reducing LW 

absorption and counter radiation) enhanced the outgoing LW. Again, RD over the WTP in our 

study presents a different warming trend since early 1990s, which is possibly affected by different 

change of the local clouds. The processes causing the change of cloud amount are complicated and 

beyond the scope of this study. In addition, a recent study (Xu et al. 2017) showed the significant 

decreasing trend of summer snow cover since 1980s from station observations. All the three 

stations to the west of 85°E showed the negative trends, indicating the high possibility of the 

decreasing trend of snow cover over the WTP. Reduced snow cover would lower the surface albedo, 

thus weaken the radiative cooling over the WTP.  

Precipitation in the TP has increased in most regions over the past several decades, especially 

in the CE-TP. An earlier study showed the increasing trend in LH is consistent with that snow 

depth over the TP increases persistently during mid-1970s to 1990s (Y.-S. Zhang et al. 2004). A 

clear jump to stronger precipitation over the CE-TP can be found in the late 1990s, which could 

be linked to the intensification of Indian summer monsoon with the interdecadal strengthening of 

high-level (850-600 hPa) Somali Jet (Kang et al. 2010; Xiao et al. 2015). However, for the WTP 

in our study, LH decreased since 1996 (red line in Fig. 2.13c), showing a totally different 

interdecadal change. This confirms the different impacts of climate change on different TP sub-

regions. Maybe on the interdecadal timescale, there’s an east-west dipole pattern in LH 

(precipitation), in which the WTP LH exhibits opposite phase change to the ETP LH. This 

conjecture needs to be verified using longer data in future work.  
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The downward trend in SH over the CE-TP has been consistently found by lots of previous 

works. Since that region is station-covered, all of their calculation of SH is based on the CMA 

station data. Although the distribution and altitudes of the CMA stations could induce uncertainties 

in estimating the heat sources, the negative trends have been detected in SH at all of the current 

stations regardless of their altitudes (Duan et al. 2014). Thus, this decreasing trend should be 

credible in spite that its magnitude is uncertain. Yang et al. (2011) suggested that this weakening 

trend was overestimated in previous studies. The decline of SH is closely connected with the 

persistent decrease of the surface wind speed (U0) over the CE-TP since 1970s (Duan et al. 2008). 

In addition, the surface air temperature (Ta) shows a rapidly upward trend, while the increase of 

ground surface temperature (Ts) is slower, leading to a decrease in (Ts - Ta), thus the decline of SH. 

Yang et al. (2014) suggested that the decline of the surface wind speed is transferred from the 

upper-air into the boundary layer. Observed evidence indicates that the wind speed change over 

China (the Plateau included) is due to the latitudinal gradient of surface warming over Central and 

East Asia (Lin et al. 2013). This warming gradient altered the upper-level pressure gradient force, 

then the upper-level wind adapted to it through geostrophic adjustment, and eventually the surface 

wind speed is changed by downward momentum transport (Yang et al. 2014). A recovery in SH 

after early 2000 is found over the CE-TP and it has been documented in a recent study (Zhu et al. 

2017) as a phenomenon associated with the recent global warming hiatus (1998-2012). During the 

hiatus, the previous declining in surface wind speeds has been generally recovered. Besides, the 

increase of the total cloud amount at night enhances the atmospheric downward LW radiation, 

inducing the nocturnal surface warming, thereby leading to the rise of (Ts - Ta). Both the changes 

in wind speed and in ground-surface temperature difference cause the recovery of SH during the 

global warming hiatus. 
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The time evolutions of U0 and (Ts - Ta) in the selected reanalysis datasets (just average of the 

four sets, no bias correction) are shown in the Fig. 2.14. The decrease and recovery of the surface 

wind speed over the CE-TP can be detected by reanalysis. We found in the reanalysis data, the 

decline trend of (Ts - Ta) is more significant than that of U0 over the CE-TP. This is different from 

the results of previous observational studies, indicating the uncertainties in reanalysis data. 

Whereas over the WTP, (Ts - Ta) has a slight increasing trend, contrasting to the descending trend 

of U0. The increase of (Ts - Ta) is probably owing to the increase of Ts because of the reduction of 

snow cover. Possibly the overall effects by both U0 and (Ts - Ta) lead to the insignificant trend in 

SH over the WTP. 

 
Fig. 2.14. The time evolutions of surface wind speed (U0; m s-1) and ground-air temperature difference 
(Ts - Ta; K) in the merged reanalysis dataset over the ETP (a), CTP (b), and WTP (c), respectively. 
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In order to obtain the interannual variations, linear trends have then been removed, and the 

following discussions are based on detrended time series. TH is highly correlated with LH over 

the ETP (r = 0.92, p < 0.01) and CTP (r = 0.80, p < 0.01), which demonstrates that the variation of 

LH dominates that of TH in the central-eastern TP. Meanwhile, for the WTP, the correlation 

between TH and LH is negligible (r = 0.08). The WTP TH is significantly correlated with RD (r = 

0.62, p < 0.01) and SH (r = 0.53, p < 0.01). Comparing the JJA TH among the three sub-regions 

(Table 2.3), we can find that the WTP TH is uncorrelated with the ETP TH. The different 

interannual variations of TH over the WTP and over the ETP indicate their potential separate 

climate impacts. 

Table 2.3. Correlation coefficients (r) among the ETP, CTP, and WTP for detrended TH in each month 
and JJA mean. The italic, bold, and red bold values denote they exceed the confidence level of 90% (p 
< 0.10), 95% (p < 0.05), and 99% (p < 0.01), respectively. 

 June July August July-August JJA 

(ETP, CTP) 0.21 0.45 0.76 0.64 0.53 

(CTP, WTP) 0.30 0.48 0.21 0.38 0.55 

(WTP, ETP) -0.06 -0.17 -0.22 -0.08 0.05 

 

Because LH released by precipitation may have large differences before and after summer 

monsoon onset and TH is dominant by LH, TH may be quite different for each month. Thus, we 

analyze the temporal evolutions of SH, LH, RD, and TH in each month separately. As shown in 

Fig. 2.15, the series in each month are considerably different. Specifically, there are decadal 

variations of TH over the CTP and WTP in July, while more interannual variations of TH appear 

in June and August. The variance of the TH time series becomes larger from June to August. The 

WTP and ETP TH also show distinct variations. From the mid- to late 1980s, TH in June is quite 

strong over the WTP, whereas over the ETP, it is abnormally weak. Similar contrast also occurs in 
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August during mid 1990s. Besides, the interannual variability of LH is generally larger than that 

of SH and RD. 

 
Fig. 2.15. Evolutions of detrended anomalous TH, SH, LH, and RD (W m-2) over the ETP, CTP, and 

WTP in each summer month.  

We further examine the temporal correlation coefficients of TH among the ETP, CTP and 

WTP in each month (Table 2.3) and the coefficients among June, July and August over each sub-

region (Table 2.4). As shown in Table 2.3, TH over the WTP and ETP are overall not linearly 

correlated, while TH over the ETP and CTP are highly correlated in July-August, i.e., in the heavy 

rainfall months. The correlation between TH over the CTP and WTP is also significant in July. 

Table 2.4 shows the month-to-month correlation among the TH time series. None of the correlation 

coefficient values exceeds the confidence level of significance, indicating large subseasonal 

variation of TH, which supports the result shown in Fig.16.  
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Table 2.4. Correlation coefficients among June, July, and August for detrended TH over different sub-
regions of the TP. 

TH ETP CTP WTP 

(June, July) 0.07 -0.11 -0.10 

(July, August) 0.17 0.17 -0.12 

(June, August) 0.15 0.02 -0.31 

 

2.5. Discussion 

Considering the possible interdecadal variability in the heat sources, we have attempted to 

extend our new dataset to 2016. However, due to the early termination of certain selected datasets, 

we could only lengthen with those products that are available in a longer term and still have 

reasonably good quality. From the extended data, it is shown that the trends in 1984-2006 are likely 

to be a deceasing or increasing phase of interdecadal variations (Fig. 2.16). For SH, the temporal 

variations of the station-covered CE-TP area averages of the JJA SH in each selected dataset are 

shown in the Fig. 2.16(a). Only two (ERA-I and MERRA-2) of the four selected reanalysis datasets 

cover the whole period of 1984-2016. CFSR only provides reanalysis data until 2010, and its 

values are particularly abnormal since 2007. GLDAS-2.0 dataset is also ended in 2010, while its 

recent counterpart, GLDAS-2.1 (Beaudoing and Rodell 2016), starting from 2000 is provided until 

present. But these two versions have apparent difference. Therefore, we only merged the bias-

corrected ERA-I and MERRA-2 for the extended period of 2007-2016, as depicted by the red 

dashed line in Fig. 2.16(a). The 2-sets merged data is comparable with the 4-sets merged one in 

the period of 1984-2006, showing high correlation with Yang11 (figure not shown). For the 

extended period, SH in MERRE-2 continuously declined after a short recovery of 2004-2006 and 

recovered again since 2011, the ERA-I slightly recovered. The different temporal changes between 

MERRA-2 and ERA-I result in the insignificant decreasing tendency of the merged one. The lack 
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of validation in this stage increases the uncertainties in the prolonged merged dataset. 

A similar figure but for the total TP area averages of LH are shown in Fig. 2.16(b). Except 

that APHRODITE data ended in 2007, the other three still exhibit good agreement after 2006. The 

red solid line in Fig. 2.16(b) denotes the 3-sets (except APHRO) merged LH. Despite a small mean 

difference, the 3-sets G-merged dataset is significantly correlated with the 4-sets merged one. The 

dashed black line is added by subtracting the mean difference between the two G-merged datasets 

in 1984-2006 from the red line. We can see that the previous increasing trend has been shifted to 

a slight decreasing tendency since 2008. The total-TP area averages of RD are presented in Fig. 

2.16(c). It is found that the CERES is highly different from the SRB-ISCCP merged one during 

the overlapping years of 2000-2006. Comparisons of each surface radiative term in SRB and 

ISCCP with that in CERES suggest that one might apply the closer-to-CERES SRB-only LW and 

ISCCP-only upward SW to the merging, but the discrepancies between them still cannot be ignored 

(especially in upward SW). Nevertheless, if we subtract the mean difference between the merged 

RD and CERES in 2000-2006, we can extend the merged RD by using CERES up to 2016. But 

the reliability of extending RD by adding CERES remains uncertain and further validation is 

needed. By the time updated satellite and observation data become available, we will make our 

effort to apply our selection and verification method to those updated data and expect to get a more 

reliable lengthened dataset. 
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Fig. 2.16. Temporal variations of summer (a) station-covered-area averaged SH and total-TP averaged 
(b) LH and (c) RD (W m-2) from multiple datasets in the period of 1984-2016. 

There are still some uncertainties in our merged estimation since the merging method is not 

perfect. The mean bias in a reanalysis dataset is assumed to be same for all the sub-regions. After 

checking the mean bias of the ETP and CTP separately, we found that the values of bias are indeed 

not the same. However, the bias of the CTP is smaller than that of the ETP in most selected 

reanalysis datasets (CFSR, MERRA-2, GLDAS-2), while larger in the others (ERA-I and other 

not-selected datasets). It seems that the bias is not increasing from the east to the west when 

compared to the station-observation. For further verification, we also set each of the eight 

reanalysis datasets as the “criterion” and compared it with the remaining seven datasets. Results 

showed that the biases between most datasets are indeed larger in the western TP than in the eastern 

TP, except the bias between MERRA-2 and GLDAS-2 as well as the bias between CFSR and 
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FLUXNET-MTE. The biases for these two pairs of datasets are even smaller in the WTP since 

their corresponding spatial patterns are quite similar across the whole TP (Fig. 2.2-f, g and b, h). 

The east-west difference of the bias for each pair of reanalysis datasets is very inconsistent. 

Therefore, we cannot conclude how much the bias in the WTP is greater than the ETP.  

Arguably, removing a uniform mean bias at this stage is a better way for bias correction since 

it can retain the spatial and temporal variations in the original data to the largest extent. The lack 

of in situ data for verification over the WTP and the uncertainties in the observational criterion 

itself call for more in situ observations and more meteorological station establishment over the TP. 

In spite of this, we still believe that those selected datasets with better performance over the CE-

TP could better capture the main characteristics of the spatiotemporal variations of SH over the 

WTP as well. 

In addition, there is a possible meridional dipole pattern with different north-south linear 

trends in precipitation over the ETP. Song et al. (2016) have found the modest increases in the 

inner and northeastern TP and significant decreases in the southeastern TP. A simplified regional 

division of eastern, central, and western TP would eliminate this north-south contrasting feature. 

Considering that the main focus of the present analysis is the summer heat sources over the CW-

TP, where the precipitation does not have such an obvious north-south distribution, we used the 

ETP as a reference for comparison with the CW-TP. The division of the eastern and western TP is 

also following most previous studies on the TP heat sources.  

 

2.6. Conclusions  

A number of bias-corrected reanalysis datasets, gauge-based observations, and selected 

satellite data are synthetically utilized to study the climatology, long-term trends and interannual 

variations of summer (June-July-August) atmospheric heat sources over various sub-regions of the 



 

 38 

Tibetan Plateau (TP). Different from most of the previous works that focused on the station-

covered eastern TP (east of 85°E), this study pays more attention to the data-sparse western plateau 

(70° - 85°E). 

Total heat source (TH) in an air column comprises local surface sensible heat flux (SH), latent 

heat released by precipitation (LH), and net radiation flux (RD). we applied different datasets to 

estimate the different components. First, SH from eight reanalysis resources, including NCEP-

DOE R2, CFSR, ERA-Interim, JRA-25, JRA-55, MERRA-2, GLDAS-2, and FLUXNET-MTE, 

are compared with a station-based new estimation (Yang11) over the central and eastern TP (CE-

TP). After correcting the mean bias in each dataset, we chose the top four of them (CFSR, ERA-

Interim, MERRA-2, and GLDAS-2), which show better agreement with the climatology and 

temporal variation of the observation. The merged SH obtained by the ensemble average of the 

above four sets is most close to the observed new estimation over the CE-TP, thus SH over the 

WTP can be unprecedentedly reasonable. Due to the good performance of the selected reanalysis 

datasets, our estimation can possibly be further extended for longer periods, especially for the latest 

10 years. 

Two gauge-based (PREC/L and APHRODITE) and two merged (GPCP and CMAP) 

precipitation datasets are averaged to calculate LH. RD is calculated from two satellite resources, 

GEWEX-SRB and ISCCP. Since they have a large discrepancy at the surface, we prudently select 

the dataset that is suitable for each radiation component. Consequently, we take the average of 

SRB and ISCCP for the net radiation at the top of the atmosphere and for the surface downward 

shortwave radiation, while for other components at surface we apply the SRB-only longwave 

radiation and the ISCCP-only upward shortwave radiation.  

Results show that the climatology of summer TH as well as its three components displays 

significant spatial inhomogeneity. Consistent with prior studies, SH (LH) typically increases 
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(decreases) from southeast to northwest over the TP; LH generally dominates TH over most of the 

TP. The southeast-northwest distribution of LH depends on its summer moisture source that comes 

from the south and the east. SH has a generally opposite distribution to LH, because the surface of 

the northwest inland areas with less rainfall can receive more solar radiation. A noteworthy new 

finding in summer climatology is a minimum TH area over the northwestern TP (around 76°E, 

36°N). The radiative cooling there is strong due to the insulation effect of debris-covered 

Karakoram glaciers on solar radiation, while SH and LH there are relatively small, thus leading to 

a negative value of TH. In addition, LH is most important role for TH over the CE-TP in July-

August, while SH is stronger in June and over the CW-TP. Radiative cooling is largest in August.  

Over the long-term period of 1984-2006, TH over the ETP (CTP) has a very slight decreasing 

(increasing) trend. On the opposite, TH over the WTP is obviously increased due to the rising trend 

of LH before 1996 and the increasing trend of RD after 1996. The decreasing trend since 1980s 

and the recovery since early 2000s in SH relied on the corresponding changes of the surface wind 

speed and ground-air temperature difference. The change of RD is connected to that of the cloud 

amounts, snow cover, and surface emissivity. The upward or downward tendency in LH is also 

closely related to the change of snow cover or snow depth. A climatic jump in LH around late 

1990s is deemed as a signal of the interdecadal variations in the summer heat sources over the TP. 

The year-to-year variation of TH is highly correlated with that of LH over the CE-TP. The 

TH of WTP is significantly correlated with RD and SH. Correlations of the temporal evolutions of 

TH among sub-regions of the TP in each month also show great differences. On the interannual 

scale, TH over the ETP and that over the CTP are highly correlated during the summer rainy season. 

TH over the CTP and that over the WTP are significantly correlated in July, whereas TH over the 

WTP and that over the ETP are overall uncorrelated. The significantly different interannual 

variations of TH over the WTP and over the ETP indicate their potential distinct climate impacts, 
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which need further investigation. The noticeable subseasonal variation of the interannual 

variability of heat sources should be taken into account as well since there is little correlation 

between TH in every month.  

As a first attempt to comprehensively investigate the total summer heat source and its three 

components over the data-sparse CW-TP, this observation-validated study could improve the 

accuracy in the heat source estimation over the TP, especially the station-void WTP. The results 

of the interdecadal changes and long-term trends of the heat sources in different sub-regions would 

enhance our understanding of the potential impacts of climate change on different parts of the TP. 

The summer heat source over the TP is a very important thermal forcing to the climate system, 

thus further relevant model evaluations, climate change researches, and future climate predictions 

could benefit from our new estimates. With the complex topography and climate patterns seen in 

the TP, there is still a need for a higher station density and more in situ observations in order to 

fully understand the climate variability in the heat sources over the TP. 

 

Citation: Xie, Z., and B. Wang, 2019. Summer Atmospheric Heat Sources over the Western–

Central Tibetan Plateau: An Integrated Analysis of Multiple Reanalysis and Satellite Datasets. J. 

Climate, 32, 1181-1202, https://doi.org/10.1175/JCLI-D-18-0176.1.  
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Chapter 3. Different Remote Forcings on the Interannual Variations 

of Summer Heat Sources across the Tibetan Plateau 
 

3.1. Abstract 

Tibetan Plateau (TP) heat source influences summer atmospheric general circulation 

profoundly. However, its interannual variation is affected by remote forcing from world oceans. 

The processes governing the variability of the TP heat sources remains controversial and poorly 

understood. With numerical model experiments, we show that the summer heat source variability 

is affected by different remote forcings across the TP from east to west. The eastern TP (ETP) 

precipitation is likely modulated by North Atlantic Oscillation (NAO) and associated SST 

anomalies through large-scale wave trains propagating from Western Europe to East Asia. On the 

other hand, the increased central TP (CTP) precipitation heating is primarily driven by a 

developing La Nina through generating a low-pressure anomaly over northern India, enhancing 

moisture transport and precipitation heating over the southern CTP. The increased western TP 

(WTP) sensible heating is linked to the tropical western Pacific cooling, central Pacific warming, 

and North Atlantic cooling. These anomalous SST conditions produce a high-pressure anomaly 

over the WTP, raising the ground-air temperature difference, thereby enhancing the sensible heat 

there. The results suggest that the summer TP heat sources and global climate comprise an 

interactive system, and the anomalous Pacific and Atlantic conditions have divergent influence on 

the summer heat source across TP. These conclusions are based on the past 40 years of observations, 

possible secular change of the forcing mechanism invite further investigation. 
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3.2. Introduction 

The striking impacts of the interannual variability of the TP heat sources on the regional 

circulation and precipitation have attracted much attention (e.g., Zhao and Chen 2001; Chen et al. 

2015; Hu and Duan 2015). However, compared to the plentiful studies working on the TP’s 

thermodynamic effects, much less attention has been paid to the origins of the variations of the TP 

heating. 

During the last decade, increasing number of studies have devoted to find the possible 

controlling factors for the TP thermal conditions. These factors include, for instance, Indian Ocean 

Dipole and El Niño/Southern Oscillation (ENSO) (Bothe et al. 2010; Hu et al. 2021), the North 

Atlantic sea surface temperature anomaly in early spring (Cui et al. 2015), the North Atlantic 

Oscillation (NAO) (Liu and Yin, 2001; Z. Wang et al., 2018), the western Maritime Continent 

convection (Jiang et al. 2016), and the May Southern Hemisphere annular mode (Dou et al. 2017).  

Each previous study focuses on one or two factor(s) that influence the TP heating, and few 

works have investigated the different remote forcings for the ETP, CTP, and WTP heating. 

Particularly, the year-to-year variation of the WTP-sensible heating has been seldom studied. This 

chapter is devoted to find possible controlling factors for the interannual variations of the ETP, 

CTP, and especially the WTP summer diabatic heating and explore associated physical 

mechanisms.  

The summer heat source over the TP is dominated by atmospheric condensational latent 

heating (LH) and surface sensible heating (SH) (Wu et al., 2016; Xie and Wang 2019). Xie and 

Wang (2019) found that, on the interannual timescale, the total heat variability is highly correlated 

with LH variation over the CTP and ETP but significantly correlated with SH and net radiation 

variation over the WTP. However, net radiation consistently exhibits a cooling effect over the 

whole plateau and the time range of the satellite data for net radiation is relatively short. Thus, we 
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use precipitation (i.e., LH) and SH to represent the total heat over the CTP/ETP and WTP, 

respectively. 

This chapter is arranged as follows. The datasets and models used in this study are listed in 

section 3.3. Section 3.4 presents the observed interannual variations in the TP heating and their 

possible connections with tropical SST and latent heat (i.e., precipitation) anomalies. Section 3.5 

shows the numerical experiment results, demonstrating the different causes (i.e., remoter forcings) 

of the variations in the ETP, CTP, and WTP heating. Section 3.6 presents conclusions and 

discussion. 

 

3.3. Data and Models 

3.3.1. Observational datasets 

The atmospheric data (winds and 2-m temperature) are the monthly ERA-Interim data (Dee 

et al. 2011) at a resolution of 2.5° × 2.5° (1979-2019) from the European Centre for Medium-

Range Weather Forecasts. The monthly global precipitation datasets are from the Global 

Precipitation Climatology Project version 2.3 (GPCP; Adler et al. 2003) at a resolution of 2.5° × 

2.5° (1979-present) and Global Precipitation Climatology Centre (GPCC; Schneider et al. 2011) 

at a resolution of 1° × 1° (1891-2016). The monthly SST data is from Extended Reconstructed Sea 

Surface Temperature (ERSST) v5 at a 2° × 2° resolution (1854-present) (Huang et al. 2017). The 

entire TP region (70°E-105°E, 26°E-42°N; above 2500 m) is divided into 3 sub-regions: the 

western TP (WTP, 70°E-82°E), central TP (CTP, 82°E-92°E) and eastern TP (ETP, 92°E-105°E).  

3.3.2. Models 

A series of AGCM numerical experiments need to be conducted to justify the diagnostic 

results from observational data. The AGCM employed in section 3.4.2 is version 4.0 of the 
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Community Atmosphere Model (CAM4) developed at the National Center for Atmospheric 

Research (NCAR). The physical parameterization package of CAM4 consists of moist 

precipitation processes, clouds and radiation processes, surface processes, and turbulent mixing 

processes. Each process has various components. The precipitation processes include deep 

convective, shallow convective, and stratiform components. The deep convective processes are 

parameterized by the revised version of the Zhang–McFarlane convection scheme (Zhang and 

McFarlane 1995, Neale et al. 2008). The shallow convective process is parameterized following 

Hack (1994). The Rasch-Kristjansson single moment bulk microphysics parameterization (Rasch 

and Kristjansson 1998) and the Zhang macrophysics parameterization (Zhang et al. 2003) are 

adopted to mimic the stratiform processes. A detailed description of CAM4 is given in Neale et al. 

(2010). In this study, this model is run at a horizontal resolution of 1.9° latitude by	2.5° longitude 

and has 26 vertical hybrid sigma pressure levels. 

A linearized atmosphere general circulation model (AGCM), Linear Baroclinic Model (LBM), 

which is developed at the University of Tokyo’s Center for Climate System Research (Watanabe 

and Kimoto, 2000), is also utilized. The model is comprised of linearized primitive equations on 

the sphere with the sigma coordinate. For simplicity, the dry-process version is used in which the 

physics module is shut down. The model has a horizontal resolution of T42 and 20 sigma levels in 

the vertical direction. Vorticity and divergence anomaly are subject to Rayleigh friction, and 

temperature anomaly is subject to Newtonian thermal damping. The damping time scale is set at 1 

day for the lowest three levels and the topmost two levels, 5 and 15 days for the fourth and fifth 

levels, and 30 days elsewhere. Additional biharmonic diffusion (order = 4) with an e-folding decay 

time of 6 hours is also applied in the model. 

The datasets and models mentioned above are used in both Chapter 3 and Chapter 4. 
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3.4. Observed Interannual Variations of the TP Heat Sources 

The summer heat source over the TP is dominated by atmospheric condensational latent 

heating (LH) and surface sensible heating (SH) (G. Wu et al. 2016; Xie and Wang 2019). From the 

results in Chapter 2, on the interannual timescale, the total heat is highly correlated with LH over 

the CTP/ETP and significantly correlated with SH and net radiation (RD) over the WTP. However, 

RD consistently exhibits a cooling effect over the whole plateau and the time range of the satellite 

data for RD is relatively short. Therefore, we use precipitation (i.e., LH) and SH to represent the 

total heat over the CTP/ETP and the WTP, respectively. The GPCC data is used for the TP 

precipitation because this dataset has the highest correlation with the station observed precipitation 

data (Wu and Gao 2013) over the CE-TP (1980-2016). Data for SH (from Chapter 2) is extended 

to the period of 1980 to 2016 by averaging the bias-removed long-range ERA-I and MERRA-2 

data in the extended years.  

Mean-removed and detrended time series of the extended data (1980–2016) are shown in Fig. 

3.1 (a–c). The precipitation in the ETP and CTP has a moderate correlation coefficient of 0.40 (p 

< 0.05, exceeding 95% confidence level), but both of them are uncorrelated with the WTP sensible 

heat. From the power spectrum analysis (Fig. 3.1 d–f), the JJA heating anomalies over the ETP, 

CTP, and WTP have quasi-5-year, quasi-4-year, and quasi-2.5-year periods, respectively. These 

statistically significant periods are on the interannual timescale. 
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Fig. 3.1. (a–c) Detrended temporal variations of the summer anomalies of (a) precipitation (mm day-1) 
over the ETP, (b) precipitation (mm day-1) over the CTP, and (c) sensible heat (SH; W m-2) over the WTP. 
(d–e) The corresponding power spectrum of the JJA heating in each sub-region. Blue lines denote the 

red noise curve; Red dashed lines indicate the 90% red noise confidence interval. 

To find possible tropical-to-midlatitude SSTA origins for the TP heating variations, the lead-

lag correlation maps of the global SST and 500 hPa wind anomalies with the detrended JJA TP 

heating are shown in Fig. 3.2. The TP surface is at around 600 hPa, and 500 hPa winds depicts the 

low-level circulation over the plateau. Generally, the simultaneous correlation patterns of SST 

anomalies (SSTA) with the CTP and ETP heating (Fig. 3.2 h, i) are largely different from the 

correlation pattern with the WTP heating (Fig. 3.2g). The correlation maps of the SST anomalies 

in the preceding winter (Fig. 3.2 a–c) and spring (Fig. 3.2 d–f) with the TP heating are also shown. 

The SST-lead correlation patterns over the ETP and CTP are generally similar to the simultaneous 

patterns, but the simultaneous ones show the highest correlations. For the WTP, the SST-lead 

correlation shows significant signals in the extratropical Pacific, while the simultaneous 

correlation displays strong signals in the tropics where typically, the ocean forces the atmosphere. 

(d) ETP

(e) CTP

(f) WTP
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Fig. 3.2. Correlation maps of the SST (°C; shading) and 500 hPa wind (m s-1; vectors) anomalies in (a–
c) preceding winter (DJF), (d–e) preceding spring (MAM), and (g–i) simultaneous summer (JJA) with 
the detrended JJA (a, d, g) WTP, (b, e, h) CTP, and (c, f, i) ETP heating time series. Black dots indicate 
the correlation coefficients exceed the 95% confidence level. The purple boxes in (g), (h), and (i) denote 
the key regions of SSTA or circulation that influence the TP heating. 
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Fig. 3.3. Correlation maps of the JJA precipitation (mm day-1; shading) and 500 hPa wind (m s-1; vectors) 
anomalies with the detrended JJA (a) ETP, (b) CTP, and (c) WTP heating time series. Black dots indicate 
that the correlation exceeds the 95% confidence level. The purple boxes in (a), (b), and (c) denote the 
key regions of tropical convection or mid-latitude circulation that influence the TP heating. 

The following analyses focus on the simultaneous correlations. For the Pacific SSTA, the 

WTP heating is significantly correlated with the tropical western Pacific (WP: 10°S–15°N, 110°E–

145°E)-cooling (r = -0.56, p < 0.01) and central Pacific (CP: 10°S–5°N, 150°E–180°)-warming (r 

= 0.38, p < 0.05) (Fig. 3.2g). To see how the TP heating variations are linked to global precipitation 

heat source, we further present the correlation maps of the global precipitation with the detrended 

JJA TP heating (Fig. 3.3). The correlation map of precipitation shows a clear dipole pattern with 

suppressed rainfall in the western Maritime Continent (MC) and enhanced rainfall in the Pacific 
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warm pool (Fig. 3.3a). A low-level anticyclonic circulation over the WTP is associated with the 

WTP sensible heating (Fig. 3.2g), which is a key system connecting the remote SSTA forcing and 

the local sensible heat. The WTP heating is also negatively correlated with the tropical North 

Atlantic (TNA: 0°–20°N, 60°W–10°W) SSTA (r = -0.52, p < 0.01) (Fig. 3.2g) and precipitation 

anomalies (Fig. 3.3a), indicating another possible remote forcing for the WTP heating variation. 

Numerical model experiments will be conducted to examine the effects of the SSTA in these two 

regions on the WTP sensible heating.  

For the CTP heating, the tropical Pacific SSTA shows a strong La Niña-like pattern (Fig. 3.2h). 

The CTP precipitation is also strongly connected with enhanced rainfall in the MC and depressed 

precipitation in the equatorial Pacific (Fig. 3.3b), which are coordinated by the La Niña condition. 

The JJA CTP heating and Niño 3.4 index has a high, negative correlation coefficient of -0.60 

(exceeds 99% confidence level). During the developing summer of several strong El Niño events 

(i.e., 1982, 1987, 1997, 2015), the CTP experienced anomalous dryness. From the correlation map 

of the TP summer rainfall with the Niño 3.4 index (Fig. 3.4a), the Niño 3.4 index is significantly 

correlated with the precipitation over the CTP, especially the southern CTP, whereas over the ETP 

and WTP, the correlation is relatively weak. The regressed low-level circulation pattern against 

Niño 3.4 index (Fig. 3.4b) suggests that El Niño may generate anomalous northwesterlies to the 

south of the CTP, weakening southerly monsoon and reducing the moisture transported to the 

plateau. On the other hand, La Niña-type of SSTA produces anomalous southerlies to the south of 

the CTP (Fig. 3.2h), enhancing precipitation over the southern CTP (Fig. 3.3b). These results 

suggest the potentially strong influence of ENSO on the CTP summer heating (i.e., precipitation). 

The mechanism of how ENSO affects CTP precipitation needs to be further testified by numerical 

experiments.  
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Fig. 3.4. (a) Correlation map of the JJA TP precipitation anomalies with the detrended JJA Niño 3.4 
index. (b) Regression of the precipitation (shading; mm day-1) and 700 hPa winds (vectors; m s-1) 
anomalies against the detrended JJA Niño 3.4 index. Black dots in (a) and brown dots in (b) indicate the 
values exceeding the 95% confidence level. Bold vectors denote the values of either zonal or meridional 
wind components exceeding the 95% confidence level. The blue curves in (a) denote a section of the 

Yangtze River (south) and Yellow River (north). 

The correlation between the ETP heating and tropical SSTA is relatively weak, but the ETP 

heating is positively correlated with the high-latitude North Atlantic SSTA, which is connected 

with the northern node in the negative phase of the summer NAO (Fig. 3.2i). The summer NAO 

has a relatively smaller spatial extent and is located farther northward with its southern node over 

northwestern Europe (Folland et al. 2009). The ETP heating is significantly correlated with the 

upstream northwestern European precipitation (Fig. 3.3c) that is corresponding to the southern 

node of the summer NAO. The ETP precipitation anomaly has a significant correlation (r = 0.48, 

p < 0.01) with the negative summer NAO index (Fig. 3.5c). From the regression pattern of 

circulation against the negative summer NAO index (Fig. 3.5 a, b), the summer NAO could 

generate a large-scale wave train propagating from northwestern Europe to East Asia, inducing an 

upper-level anomalous anticyclonic circulation over the southeastern TP. The vertical baroclinic 

structure and the pumping effect of the TP are strengthened over the southeastern TP through the 

southeastward propagation of wave disturbance, thereby enhancing the precipitation. This result 

is consistent with the previous studies on the linkage between the summer NAO and the ETP 
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precipitation (Liu and Yin 2001; Z. Wang et al. 2018). 

We further calculated the lead-lag correlation coefficients between the ETP heating and 

summer NAO index. It is found that April-May-June (AMJ) and May-June-July (MJJ) NAO index 

has a highest negative correlation of -0.49 (p < 0.01) with the JJA ETP heating, suggesting that 

NAO may lead the ETP precipitation in summer by up to two months. 

 
Fig. 3.5. (a) Regression of precipitation and 500hPa wind anomalies against the detrended negative 
summer NAO index. (b) Regression of 200 hPa geopotential height and wind anomalies against the 
detrended negative summer NAO index. The symbols “C” and “A” in (b) denote cyclonic and 
anticyclonic circulations, respectively. Then purple arrow indicates the wave train propagating from 

western Europe to southeastern TP. (c) Year-to-year evolutions of the ETP heating anomaly (red line) 
and the negative summer NAO index (blue line). 
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3.5. Causes of the Interannual Variations 

In order to explore the drivers for the interannual variability, numerical experiments are 

conducted to assess the influences of the tropical SSTA on the TP heating. The SSTA sensitivity 

run is an AGCM (CAM4) experiment with prescribed SSTA (plus climatological SST) forcing. 

One sensitivity experiment comprises 30 ensembles starting with different initial conditions. Each 

ensemble member runs from May 1st to August 31st, and the SSTA is added in JJA. The output 

differences between the SSTA run and control run are considered the model-simulated atmospheric 

responses to the SSTA forcing. Control run is forced by climatological SST. 

Figure 3.6 shows the comparison between the observation and the simulated JJA climatology 

in the AGCM control run. The model can generally simulate the observed precipitation and low-

level circulation patterns. Note that the simulated precipitation is much higher (lower) than the 

observation in the southern slope of the TP and eastern Arabian Sea (eastern Bay of Bengal), 

because the simulated southwest monsoon that transports moisture is located westward compared 

to the observation. This may need attention when interpreting the experiment results. 

 
Fig. 3.6. The 1980–2016 JJA climatology of precipitation (shading; mm day-1) and 700 hPa winds 

(vectors; m s-1) in (a) observation and (b) AGCM control run. 
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3.5.1. CTP heating controlled by El Niño 

The result in Section 3.4 suggests that El Niño could be a major influential factor for the CTP 

latent heating (i.e., precipitation), so an AGCM experiment of El Niño run is conducted. The 

prescribed El Niño SSTA pattern in JJA is shown in Fig. 3.7. The seasonal averaged SSTA is added 

onto the climatological SST forcing in three summer months. 

 
Fig. 3.7. SSTA forcing pattern (units: K) of El Niño run from the regression of the tropical eastern Pacific 
SST anomalies against the standardized JJA Niño 3.4 index. 

The difference between the El Niño run and the control run shows reduced JJA precipitation 

in the south slope of the TP (Fig. 3.8a). The observed rainfall in the south-central TP has a 

significantly negative correlation with El Niño (Fig. 3.4a), and the model result is roughly 

consistent with the observed precipitation anomalies shown in Fig.3.4(a), although the simulated 

dry area is more southward and extends to the east. A strong anomalous rain band is generated to 

the south of the TP (Fig. 3.8a). The monsoon trough is strengthened to the south, and the large-

scale anomalous anticyclonic ridge to the south of the TP prevents northward moisture transport, 

reducing precipitation over the south slope of the CTP. This high-pressure ridge is connected with 

the intensified and westward-extended subtropical high. The center of reduced rainfall corresponds 

to the positive 400 hPa vertical pressure velocity center (Fig. 3.8b), indicating that the weakened 

ascending motion is the major reason for the suppressed precipitation. The tropical eastern Pacific 
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warming induces a pair of upper-level anticyclonic circulations to the east of the warming area, 

generating a wave train propagating to mid-latitude (Fig. 3.8c). In this wave train, an anomalous 

cyclonic circulation is located to the north of the TP, and an anomalous anticyclonic circulation is 

induced over the south flank of the central-eastern TP, favoring anomalous subsidence over the 

south slope of the CTP. 

 
Fig. 3.8. (a) Responses of the JJA precipitation (shading; mm day-1) and 700 hPa winds (vectors; m s-1) 
to El Niño SSTA forcings. (b) Responses of the JJA 400 hPa vertical pressure velocity (Pa s-1) over the 
TP to El Niño SSTA forcings. (c) Responses of the JJA 200 hPa geopotential height (shading; m) and 
winds (vectors; m s-1) to El Niño SSTA forcings. 

3.5.2. WTP heating regulated by tropical western Pacific cooling-central Pacific warming 

Figure 3.2 (g) indicates a significant correlation between the WTP sensible heating (SH) and 

the tropical WP cooling-CP warming in JJA. Thus, a WP cooling-CP warming run and an opposite 

WP warming-CP cooling run by CAM4 are conducted to verify this observed correlation. The half 

of the difference between these two runs is the response to the SSTA forcing. The SSTA dipole in 

(c) 200hPa GPH & Winds
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the tropical Pacific is prescribed as shown in Fig. 3.9, which is from the regression of SSTA against 

the WTP heating. We confined the SSTA forcing in the equatorial region (-10°S – 5°N) because to 

the north of 5°N in the western Pacific (i.e., South China Sea and the Philippine Sea), the 

atmosphere and ocean are interactive where we cannot assume the ocean is driving the atmosphere. 

 
Fig. 3.9. Regression of global SSTA (°C) against the standardized JJA WTP heating time series. White 
hatching denotes the values exceeding the 95% confidence level. The purple rectangular frame in the 
tropical Pacific encloses the location and pattern of the SSTA forcing for the WP cooling-CP warming 
run. The purple frame in the Atlantic denotes the SSTA forcing for the tropical North Atlantic cooling 
run in section 3.5.3. The SSTA would be doubled in magnitude and then put into the models as the 
prescribed forcing. 

The precipitation response is first examined to see the local atmospheric heating response to 

the SSTA. It shows suppressed rainfall in the maritime continent and enhanced rainfall in the 

western-central Pacific (Fig. 3.10c), which is roughly consistent with the observed rainfall dipole 

pattern shown in Fig. 3.3(c) although the location is relatively eastward. Accompanied with the 

precipitation response, a large-scale cyclonic circulation is produced to the south of the TP, and a 

large-scale low-level anticyclonic circulation is generated over the WTP (Fig. 3.10c). 

 



 

 56 

 
Fig. 3.10. (a) Responses of the JJA surface sensible heat flux (shading; SH: W m-2) and the product of 
ground-air temperature difference anomaly (dT’) and climatological surface wind speed from control 
run (contours; dT’×Uc: °C m s-1) to the tropical Pacific SSTA dipole forcing. The deep purple box in (a) 
denotes the area of WTP. (b) Responses of the JJA 200 hPa geopotential height (shading; m) and winds 
(vectors; m s-1) to the Pacific forcing. The deep purple box in (b) marks the high pressure over the WTP. 
(c) Responses of the JJA precipitation (shading; mm day-1) and 500 hPa winds (vectors; m s-1) to the 
Pacific forcing. The purple curves in (b) and (c) denote the location of the WP cooling (dashed line)-CP 

warming (solid line). 

(a)

(b)

(c)
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The JJA SH is enhanced in most areas of the WTP (Fig. 3.10a), which is consistent with the 

observed correlation result. The SH response pattern well matches the response pattern of the 

product of ground-air temperature difference anomaly and climatological surface wind speed (Fig. 

3.10a), indicating that the SH anomaly is dominated by the anomalous gourd-air temperature 

difference. The circulation responses exhibit an anomalous barotropic high-pressure system over 

the WTP (Fig. 3.10 b, c). We also examined the responses of ground surface temperature (Ts) and 

surface air temperature (Tas), separately. Both Ts and Tas increase but Ts increases more (figure not 

shown), inducing greater ground-air temperature difference. During the dry, sunny days under high 

pressure, the surface can receive more solar radiation that raises the ground-air temperature 

difference, thereby enhancing the SH over the WTP.  

Figure 3.3(a) shows that the WTP heating is correlated with a dipole pattern with suppressed 

rainfall in the western MC and enhanced rainfall in the Pacific warm pool. An idealized experiment 

using LBM is conducted to testify the direct response of the circulation to the heating forcing from 

such a convection dipole. The forcing’s spatial pattern and vertical profile are depicted in Fig. 3.11, 

in which the pattern mimics the regression pattern of precipitation against the WTP heating time 

series. The experiment is run with the JJA mean flow. 

 
Fig. 3.11. [Left] Regression of the JJA precipitation against the standardized WTP heating. [Center] 
Spatial pattern of the western Maritime Continent cooling-western Pacific heating forcing for the LBM 
experiment. [Right] Vertical profile of the heating forcing (maximum 1.3 K day-1 at sigma level = 0.45). 
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The result shows that a strong southeast-northwest tilted low-level cyclonic circulation is 

generated to the north of the dipole heating, exciting a large-scale wave train propagating along 

the great circle over the North Pacific Ocean (Fig. 3.12). The tilted cyclone can reach the 

southeastern TP. An anticyclonic circulation is produced to the northwest of the tilted cyclone, 

which is located over the WTP. Consistent with the AGCM result, the anomalous anticyclone over 

the WTP could regulate the in-situ sensible heating. 

 
Fig. 3.12. Steady responses (Day 20 to Day 25 mean) of 500 hPa geopotential height (shading; m) and 
winds (vectors; m s-1) to the western Maritime Continent cooling-western Pacific heating forcing in JJA. 
The purple curves denote the location of the forcing. The red box depicts the high-pressure response 
over the WTP. 

3.5.3. WTP heating regulated by tropical North Atlantic cooling 

Figure 3.2 (g) also suggests a negative correlation between the WTP SH and the tropical North 

Atlantic (TNA) SSTA. A TNA cooling run and an opposite TNA warming run are conducted, with 

the prescribed SSTA forcing shown in Fig. 3.9. The model response is represented by half of the 

difference between these two runs. The result shows that the WTP SH is generally strengthened 

associated with the elevated ground-air temperature difference (Fig. 3.13a). The local precipitation 

response to the TNA cooling is an anomalous dryness in the tropical Atlantic (Fig. 3.13c), which 

is roughly consistent with the observed correlation result though the observed dry region is located 

relatively northward (Fig. 3.3a). The upper-level circulation response displays a notable wave train 

propagating along the great circle over the North Atlantic and Eurasian continent, producing an 
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anticyclonic high-pressure system over the WTP (Fig. 3.13b), thereby leading to the increases in 

ground-air temperature difference and sensible heat. 

 
Fig. 3.13. (a) Responses of the JJA surface sensible heat flux (shading; SH: W m-2) and the product of 
ground-air temperature difference anomaly (dT’) and climatological surface wind speed (contours; 
dT’×Uc: °C m s-1) to the tropical North Atlantic (TNA) cooling. (b) Responses of the JJA 200 hPa 
geopotential height (shading; m) and winds (vectors; m s-1) to the TNA cooling. The deep purple box in 
(b) marks the high pressure over the WTP. (c) Responses of the JJA precipitation (shading; mm day-1) 
and 500 hPa winds (vectors; m s-1) to the TNA cooling. The purple dashed curve in (b) and (c) denotes 

the location of the TNA cooling. 

(b)

(c)
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3.6. Conclusions and Discussion 

Using the newly developed heat source dataset and conducting several numerical model 

experiments, the effects of different remote forcings on the interannual variations in the summer 

heat sources over the western, central, and eastern TP are respectively explored. The JJA heating 

anomalies over the ETP, CTP, and WTP have quasi-5-year, quasi-4-year, and quasi-2.5-year 

periods, respectively (Fig. 3.1 d–f). 

Observational results show that the simultaneous correlations with the SST anomalies are 

largely different between the ETP/CTP and WTP heating (Fig. 3.2 g–i). The JJA ETP heating has 

a negative correlation with the summer NAO index (r = -0.48, p < 0.01). The summer NAO, with 

its southern node over northwestern Europe, can generate a large-scale wave train propagating 

downstream to the ETP, affecting the ETP rainfall variability (Fig. 3.5).  

The CTP heating is closely linked with a La Niña-like SSTA pattern in the tropical Pacific 

Ocean (Fig. 3.2h). The Niño 3.4 index is well correlated with the precipitation over the CTP (r = -

0.60, p < 0.01), especially the south-central TP (Fig. 3.4a), while its correlation with the ETP and 

WTP rainfall is relatively weak. The CTP precipitation is also correlated with the El Niño-induced, 

enhanced precipitation in the Maritime Continent (MC) and depressed precipitation in the 

equatorial Pacific (Fig. 3.3b). The AGCM experiment result shows that the tropical eastern Pacific 

warming induces strong anomalous subsidence in the south slope of the CTP, thereby suppressing 

the latent heating released from precipitation over there (Fig. 3.8). Meanwhile, the southerly 

monsoonal winds are weakened during the El Niño developing summer and the anomalous rain 

band produced to the south of the TP prevents moisture from being transported further northward 

to the Plateau. On the other hand, La Niña can produce anomalous southerlies to the south of the 

CTP (Fig. 3.2h), enhancing precipitation over the southern CTP (Fig. 3.3b). It could be concluded 

that ENSO is an important origin for the interannual variations of the CTP latent heating. 
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The WTP heating is significantly correlated with the tropical western Pacific (WP) cooling 

and central Pacific (CP) warming (Fig. 3.2g) and it is connected with the suppressed (enhanced) 

rainfall in the western MC (Pacific warm pool) (Fig. 3.3a). Besides, the WTP heating is negatively 

correlated with tropical North Atlantic (TNA) SSTA (r = -0.52, p < 0.01) (Fig. 3.2g), suggesting 

another influential factor for the WTP heating variability. Model results verify that both the WP-

cooling/CP-warming and the TNA cooling can enhance the WTP sensible heating through large-

scale wave trains, generating an anomalous high-pressure system over the WTP, thus elevating the 

ground-air temperature difference and the sensible heating over there.  

Since the WTP is regulated by the tropical SSTA in two basins, we conduct an extra 

experiment with both the WP-cooling/CP-warming and the TNA cooling prescribed as forcing 

(figures not shown). The model result, however, shows reduced SH over the WTP, which is 

inconsistent with the observation. It is possibly because the effects of the two SSTA forcings cancel 

each other out when prescribed together into the model. More experiments need to be taken to 

further examine the combined effect of these two SSTA forcings on the WTP sensible heating. 

Compared to the SH response shown in most areas of the WTP region, the precipitation 

response to the SSTA forcing is notable in the southern part of the CE-TP. Since the major moisture 

source for the TP is coming from the southerly summer monsoon, the sub-region area-mean 

precipitation variability is dominated by the precipitation of the southern TP. Thus, it is acceptable 

to use the sub-region area-mean to represent the dominant precipitation variability of the southern 

TP. The reason why CTP and ETP precipitation are affected by different remote forcings is possibly 

related to their different moisture transport paths, which requires further investigation. 

The current study is based on a coarse-resolution (1.9° latitude ×	2.5° longitude) AGCM, so 

some results may not be very accurate. For instance, the CTP precipitation response to the El Niño 

warming is confined to the south slope of the Plateau, but the observation analysis shows that the 
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rainfall in most areas of the CTP is significantly correlated with the Niño index. The coarse-

resolution model may have difficulty in simulating the processes associated with the complex 

topography. Further experiments using a high-resolution model are needed to examine the current 

results. Moreover, the air-sea interaction is not included in the AGCM. For the WTP heating, the 

air-sea interaction in the South China Sea and the Philippine Sea could be an important influencing 

factor. Therefore, the coupled model experiments can be conducted to investigate the role of air-

sea interaction in affecting the TP’s heating variability. 
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Chapter 4. Impacts of the Interannual Variations in Summer Heat 

Sources over the Tibetan Plateau 
 

4.1. Abstract 

The impacts of the interannual variations in summer heat sources over the eastern, central, 

and western TP are investigated by observational analyses and numerical model experiments. The 

ETP, CTP, and WTP heat sources have different impacts on regional climate and teleconnection. 

Observational results show that the ETP heating is connected with a northwestern-Asia warming 

center and a western-Europe cooling center; the CTP heating is related to a northeastern Asia 

warming and an East Asia cooling; the WTP heating is linked to the warming in southeastern China 

and the polar region of Asia. The linear wave-train responses to the ETP, CTP, and WTP heating 

forcings are notably different. The ETP (CTP) heating generates an upper-level wave train 

propagating eastward to the northwestern (north-central) Pacific. Both the wave responses to ETP 

and CTP heating are guided by the subtropical westerly jet. For the WTP heating, the wave train 

splits into two branches: the northern one propagates northeastward to the Arctic region and the 

southern one propagates eastward to coastal northwestern Pacific. The locations of the two split 

anticyclonic circulations roughly correspond with the locations of the observed WTP-heating 

related upper-level anticyclones and near-surface warming in southeastern China and polar Asia. 

The anomalous upper-level anticyclone generated by the TP heating may induce anomalous 

subsidence and reduce the cloud formation, increasing the incoming shortwave radiation and 

thereby warming the near-surface air. 
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4.2. Introduction 

Compared to the early researches that mainly focus on the climatological roles of the TP heat 

source, recent works pay more attention to the remarkable impacts of the interannual variability in 

the TP heat sources on the variations of the circulation and precipitation in surrounding regions 

(Zhao and Chen 2001; Liu et al. 2002; Chen et al. 2015; Hu and Duan 2015). The TP anomalous 

heating in spring can exert a delayed effect on the summer weather and climate anomalies in East 

Asia (Hsu and Liu, 2003; Wang et al. 2014). The TP excessive surface heating can also affect the 

‘upstream’ climate to the west of the TP through the intensified and westward-extended South 

Asian High and the Rossby wave responses to the heating (Lu et al. 2018).  

The influences of the interannual variations in the ETP and CTP heating on climate have been 

extensively studied. However, the distinct role of the heat source over the western TP (where 

observational data is scarce) in the climate system has recently been documented but still poorly 

understood. In previous studies, the snow cover is often used as a proxy of the thermal condition 

of the WTP. The WTP snow cover may affect interannual variations of summer Eurasian heatwaves 

through a southern Europe-northeastern Asia (SENA) teleconnection (Z. Wu et al. 2016), and the 

winter or spring snow cover anomalies over the WTP exert time-lagged impact on East Asian 

summer monsoon by modulating moisture transport to Eastern China (Xiao and Duan 2016). The 

current knowledge on the climate impacts of the WTP heating is still limited and distinguishing 

the role of the WTP and CE-TP heating in the regional and global climate systems is critical for 

evaluating climate models’ fidelity and improving climate prediction. Hence, based on the newly 

developed reliable estimate of the heat sources over the entire TP (from Chapter 2), this chapter 

aims to explore the different climate impacts of the interannual variations in the WTP, CTP, and 

ETP heating and to find possible physical processes associated with the TP heating’s effects on 

teleconnections. 
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4.3. Methods 

The linear regression and partial regression methods are adopted to investigate the possible 

impacts of the TP heating’s year-to-year variations on surface air temperature and teleconnections 

(Y). In multiple regression (Equation 4.1), 𝑌a denotes predicted values of Y; b0 denotes the intercept 

term when X1, X2 and X3 are all 0; and b1, b2 and b3 denote the partial regression coefficients of X1, 

X2 and X3, respectively. The partial regression coefficient measures the change in 𝑌a  per unit change 

in some specific predictor, with other predictors held constant. In this chapter, X1 is the TP heating, 

and X2 and/or X3 are other factors affecting the TP heating. b1 is the partial regression coefficient 

used for analysis. 

𝑌a = 𝑏$ + 𝑏c𝑋c + 𝑏e𝑋e	(+𝑏f𝑋f), (4.1) 

Considering that the effect of El Niño (NAO) on the CTP (ETP) heating may influence the 

linear regression pattern against the CTP (ETP) heating, we use the partial regression coefficients 

with the effect of the JJA Niño 3.4 (negative NAO) index signal being removed. Similarly, for the 

WTP heating, we use the partial regression coefficients by removing the effects of the JJA negative 

western Pacific (WP: 10°S–15°N, 110°E–145°E) SSTA index and the JJA negative tropical North 

Atlantic (TNA: 0°–20°N, 60°W–10°W) SSTA index. 

 

4.4. Observed temperature and teleconnection associated with the TP Heat Source Variations 

Linear and partial regression coefficients of the 2-meter air temperature and 200 hPa wind 

anomalies against the JJA TP heating are shown in Fig. 4.1 and 4.2, respectively. The linear 

regression results (Fig. 4.1) showed that the anomaly patterns associated with the ETP heating and 

CTP heating are similar, both having a warming center in northwestern Asia and a cooling center 

in western Europe, whereas the WTP heating is linked to a northwestern Asian cooling. The ETP 
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heating is also connected with an eastern Asian cooling. The surface warming (cooling) centers 

correspond to the upper-level anticyclonic (cyclonic) circulation centers. These centers form a 

wave train propagating from western Europe to western TP (Fig. 4.1b) or East Asia (Fig. 4.1c). 

  
Fig. 4.1. Linear regression of the JJA 2-m temperature (°C; shading) and 200 hPa wind (m s-1; vectors) 
anomalies against the detrended and standardized (a) WTP heating, (b) CTP heating, and (c) ETP heating. 
Only the vectors with values of either zonal or meridional wind component exceeding the 90% 
confidence level are plotted. Black dots indicate the shading values exceed the 90% confidence level. 

The partial regression results (Fig. 4.2) are quite different from the linear regression. One 

common feature in all three patterns (Fig. 4.2 a–c) is the notable easterlies to the south of the TP 

(around 20°N), which are associated with a large-scale anticyclonic circulation anomaly (same 

location as South Asia High). After removing the effects of WP and TNA cooling, the WTP heating 

is associated with the warming in southeastern China and the polar region of Asia (Fig. 4.2a). The 

WTP sensible heating (SH) is negatively correlated with the WTP snow cover (r = -0.44, p < 0.05). 

Z. Wu et al. (2016) found that reduced WTP snow cover (associated with the enhanced WTP SH) 
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can intensify southern Europe and northeastern Asia heat waves. The result of the WTP partial 

regression here is quite different from their result, probably because the variability in SH cannot 

be completely represented by the snow cover. 

 
Fig. 4.2. Partial regression coefficients of the JJA 2-m temperature (°C; shading) and 200 hPa wind (m 
s-1; vectors) anomalies against the detrended and standardized (a) WTP heating (removing western 
Pacific SSTA index signal and tropical North Atlantic SSTA index signal), (b) CTP heating (removing 
Niño 3.4 index signal), and (c) ETP heating (removing NAO index signal). Only the vectors with values 
of either zonal or meridional wind component exceeding the 90% confidence level are plotted. Black 

dots indicate the shading values exceed the 90% confidence level. 

After removing the effect of El Niño, the CTP heating is significantly linked with a 

northeastern Asian warming and corresponding upper-level anticyclonic circulation over 

northeastern Asia (Fig. 4.2b). The CTP precipitation is also related to an East Asia cooling band 

and corresponding cyclonic circulation (Fig. 4.2b), which may affect the East Asia rainfall 

variability.  
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For the ETP heating, the partial regression pattern (Fig. 4.2c) is similar to the linear regression: 

significant temperature anomalies appear upstream of the TP along the propagation path of the 

wave train excided by NAO (Fig. 3.5b). The circulation pattern, corresponding well with the 

temperature pattern, also suggests the linkage between the ETP heating and NAO, with two upper-

level anticyclones over northwestern Asia and the southern ETP, and two cyclones over western 

Europe and the WTP. The downstream signal associated with the ETP heating is not evident. 

Although the NAO signal is statistically removed, the partial regression pattern associated with 

the ETP heating seems still to be dominated by the summer NAO-related wave disturbances. A 

numerical experiment is needed to inspect the effects of the ETP heating on upstream circulation 

and the causality between the ETP heating and the Eurasian teleconnection. 

 

4.5. Direct Responses to the Western, Central, and Eastern TP Heating 

The previous section revealed some possible linkages of the TP heating with global 

circulation. However, the regression results cannot prove causality. In this section, a simplified 

AGCM, the LBM (Watanabe and Kimoto, 2000), is utilized to test to what extent these linkages 

can be reproduced in numerical models. LBM is an anomaly model based on linearized primitive 

equations, in which the basic state is always chosen to be the climatological mean flow. Because 

of its lacking nonlinear interaction and gravitational instability, such simplified AGCM only 

comprise large-scale dynamical processes such as equatorial waves, Rossby wave propagation, 

baroclinic instability, and barotropic instability. This model has been widely proven to be a very 

useful tool to study the direct response of atmospheric circulation to large-scale external forcing.  

In a pioneer work, Hoskins and Karoly (1981) used such a model and identified a “great circle” 

path of Rossby wave propagation given thermal and orographic forcing. After that, numerous 

studies attempted to study atmospheric direct response to various kinds of forcings. Baroclinic 
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instability inherited from primitive equations will eventually contaminate direct response to 

external forcing. Jin and Hoskins (1995) found that quasi-steady direct response to tropical forcing 

could only be seen during the first 20 days, after which baroclinic eddies would dominate. By 

comparing the linear and nonlinear baroclinic model runs, Ting and Yu (1998) suggested that direct 

response to tropical heating bears a striking similarity in the two models when additional damping 

is included in the linear model. Therefore, it is promising to study atmospheric response to external 

forcing with a linear model as long as carefully preventing baroclinic eddies from contaminating 

the direct response. 

The basic state used in this model is the observed three-dimensional JJA climatology derived 

from ERA-Interim Reanalysis data. To simulate the ETP and CTP latent heating and the WTP 

sensible heating, three idealized local forcings are prescribed as follows (Fig. 4.3). ETP forcing is 

horizontally nearly-elliptical-shaped heating centered at southern ETP (97°E, 29°N), and its 

vertical profile is gamma shaped with a maximum heating rate of 2K/day at sigma level = 0.65 

(about 450 hPa). Similar CTP forcing is centered at southern CTP (87°E, 29°N) with a maximum 

heating rate of 2K/day at sigma level = 0.65. WTP forcing is centered at (76°E, 35°N) with the 

maximum heating rate of 2K/day in boundary layer (below sigma level of 0.97); the heating rate 

decreases upward exponentially above the boundary layer. Note that the results show the pattern 

of response to the heating is not very sensitive to the horizontal shape of the heating forcing. Here 

the nearly-elliptical shape is used for idealized experiments. 
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Fig. 4.3. Forcing fields for LBM experiments. [Left] Spatial patterns of (a) ETP, (b) CTP, and (c) WTP 
heating forcings. [Right] Vertical profiles of the ETP, CTP, and WTP heating, respectively. 

Figure 4.4 shows the time evolution of 200 hPa stream function responded to the WTP (Fig. 

4.4a), CTP (Fig. 4.4b), and ETP (Fig. 4.4c) forcing, respectively. In the first few days (Day 5), 

each forcing excites a corresponding upper-level anticyclonic circulation above the forcing area 

and a Rossby wave train propagating downstream zonally to East Asia. Note that the anticyclone 

center is located next to the southwest side of the CTP for the CTP forcing and located next to the 

southeast side of the ETP for the ETP forcing. Afterward, for both ETP and CTP forcing, the 

anticyclonic center is strengthened, and the wave train propagates further eastward; meanwhile, 

the wave energy extends westward to the upstream side (Day 10). Between two anticyclonic 

centers, a cyclone center develops over the central TP. Then the response pattern tends to be steady: 

the ETP response contains anticyclones and cyclones propagating to the northwest Pacific along 

the mid-latitude jet stream over Eurasia (Day 15–25); the CTP response has more eastward wave 

propagation to north central Pacific.  
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Fig. 4.4. LBM responses (Day 5 to Day 25) of the 200 hPa stream function (m2 s-1) to heating forcing of 
the (a) WTP, (b) CTP, and (c) ETP in JJA. 

For the WTP forcing (Fig. 4.4a), besides the anticyclone center enhanced over the 

northwestern TP, the anticyclone over east Asia splits into two centers (a north-south pair) and the 

Rossby wave propagation begins to split into two branches since Day 10: the northern branch is 

approximately along a great circle path toward poleward and then equatorward as in the theoretical 

explanation by Hoskins and Karoly (1981); the southern branch takes a more zonal path in lower 

latitude along the westerly jet stream. Such split paths may be related to the exit region of the jet 

stream over Eurasia (Takaya and Nakamura 2001). From Day 10 to Day 20, the southern branch 

confines to coastal northwestern Pacific while the northern branch develops and propagates further 

eastward. The westward dispersion of the WTP anticyclone center is also strengthened and extends 

far westward.  After Day 20, the response pattern maintains steady. 

Since all of the responses gradually become steady from Day 15, we choose the mean 

response from Day 20 to 25 as the “steady response”. The steady response patterns to different TP 

forcings are different (Fig. 4.5), as mentioned above. To better show how Rossby wave energy 
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propagates, the zonal mean flow (contours) and wave activity flux (W) and horizontal divergence 

of W (ÑH×W; Takaya and Nakamura, 2001) for the upper-level steady response to the TP forcings 

are also shown. In all three cases, the prescribed forcing excites a Rossby wave response due to 

westward phase propagation to its upstream and a stationary wave package response to its 

downstream. The easterly responses (around 20°N) in the south of directly-forced anticyclone over 

the TP match the observed feature shown in Fig. 4.2. 

 
Fig. 4.5. Steady responses (Day 20–25 mean) of 200 hPa stream function (shading; unit: m2 s-1) to 
heating forcing of the (a) WTP, (b) CTP, and (c) ETP. Vectors are wave activity fluxes (unit: m2 s-2) that 
are drawn only where zonal mean flow > 2 m s-1. Contours represents the zonal mean flow (unit: m s-1).  
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The ETP response exhibits that the wave source region is located over the east side of the TP, 

and W shows evident wave activities transported from the anticyclone center over East China to 

the cyclone center over southern Japan (Fig. 4.5c). For the CTP response, the wave activities 

transport from the anticyclone center over the southwest slope of the TP to the cyclone center over 

the CTP and then to the anticyclone center over northeastern China and the cyclone over 

northwestern Pacific (Fig. 4.5b). For CTP and ETP forcing, as the heating locates toward the 

southern flank of the westerly, the response has relatively smaller scale, and the propagation is 

more zonal-like. The westerly jet plays as a wave guide for the response, and the wave train 

response cannot penetrate the westerly belt propagating to the north.  

Regarding the WTP response, a wave source region is generated over the WTP and the wave 

activities transport from the WTP anticyclone center to the cyclone center to the northeast of the 

TP. Then the wave activities split into two directions (Fig. 4.5a): from the cyclone center to the 

anticyclone center over northeastern Asia and the anticyclone center over southeastern China. Both 

the northern and southern branches transport further eastward. The locations of the two split 

anticyclonic circulations roughly correspond with the locations of the observed WTP-heating 

related upper-level anticyclones and near-surface warming in polar Asia and southeastern China 

(Fig. 4.2a). Compared to the other two cases, WTP heating locates more northward and resides in 

a relatively stronger background westerly, which allows northward propagation of the wave train 

along the great circle. 

 

4.6. Summary and Discussion 

The different impacts of the interannual variations in the summer heat sources over the 

western, central, and eastern Tibetan Plateau (TP) are investigated using the newly developed heat 

source dataset and conducting model experiments.  
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The ETP, CTP, and WTP heat sources have different connections with climate and circulation. 

A northwestern-Asia warming center and a western-Europe cooling center are connected to the 

ETP heating (Fig. 4.2c), which correspond with the ETP-heating associated upper-level 

anticyclonic circulation over northwestern Asia and the cyclonic circulation over western Europe. 

The CTP heating is related to northeastern Asia warming and a cooling band in East Asia (Fig. 

4.2b). The WTP heating is associated with warming in southeastern China and the polar region of 

Asia (Fig. 4.2a). The near-surface warming centers are roughly located under the TP-heating 

related upper-level anticyclonic circulations. The anomalous upper-level anticyclone may induce 

anomalous subsidence and reduce the cloud formation, increasing the net shortwave radiation and 

thereby warming the near-surface air. 

Numerical experiments are conducted to examine the observational results. The direct 

circulation responses to the heating simulated by a linearized AGCM exhibit different upper-level 

wave-train patterns for different sub-regions’ heating forcings (Fig. 4.5), suggesting their different 

impacts on teleconnection. For the ETP heating, an anticyclone is generated over the east side of 

the TP (East China), and the wave propagates eastward, forming a cyclone center over southern 

Japan. The CTP heating produces an anticyclone center over the southwest slope of the TP, a 

cyclone center over the CTP, and an anticyclone center over northeastern China. The WTP heating 

generates an anticyclone over the WTP and a cyclone center to the northeast of the TP. Then the 

wave train splits into two branches: the northern branch propagates to the anticyclone center over 

northeastern Asia and the southern branch propagates to the anticyclone center over southeastern 

China. Both the northern and southern branches transport further eastward. The locations of the 

two split anticyclonic circulations roughly correspond with the locations of the observed WTP-

heating related upper-level anticyclones and near-surface warming in polar Asia and southeastern 

China (Fig. 4.2a). 
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The current study only uses a dry, linear model to conduct numerical experiments. It is found 

that for the WTP sensible heating, the model responses well match the observational results due to 

the fewer moisture processes involved in the teleconnection associated with the WTP heating. 

However, for the ETP and CTP latent heating that is closely related to moisture processes, this dry 

model cannot capture the basic features in the observations. Therefore, GCM experiments are 

needed to further investigate the impacts of the ETP and CTP latent heating. 

We conducted a group of preliminary AGCM experiments using CAM4 model, prescribing 

anomalous WTP, CTP, or ETP heating. The heating patterns and profiles are the same as Fig. 4.3 

shown. Each sensitivity experiment comprises 100 ensembles starting with different initial 

conditions. Results are displayed in Fig. 4.6. We can see that all the responses are stronger in mid-

to-high latitudes, in which the patterns are quite different from the LBM and observed results. 

Therefore, more experiments and newer/high-resolution model are necessary for examining the 

impacts of the TP heating.  

 
Fig. 4.6. CAM4 responses of 200 hPa geopotential height (shading; unit: m) and winds (vectors; m s-1) 
to heating forcing of the (a) WTP, (b) CTP, and (c) ETP in JJA. 
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Chapter 5. Future Changes of Summer Heat Sources over the Tibetan 

Plateau in CMIP6 Models  
 

5.1. Abstract 

Model simulations and future changes of condensational latent heat released from 

precipitation and surface sensible heat (SH) over the eastern Tibetan Plateau (TP) are investigated 

with 22 CMIP6 models’ outputs. The models reproduce the mean precipitation pattern well, but 

the mean intensity is 65% excessive. SH has scarcely been evaluated. It is found that nearly half 

of the models cannot realistically capture SH’s spatial structure. The best six models in simulating 

SH are the same models that best simulate surface air temperature. The models with high 

performance are selected to make a multi-model ensemble mean projection. Under the medium 

emission scenario (SSP2-4.5), the TP’s future summer precipitation will likely increase, despite its 

weakening thermal forcing effect. The increasing precipitation is primarily due to the future 

enhancement in vertical moisture transport and surface evaporation. However, the greenhouse 

gases (GHGs)-induced top-heavy heating stabilizes the atmosphere and diminishes the TP’s 

thermal forcing effect, weakening the circulation and upward motion. As such, the precipitation 

sensitivity is only a 2.7% increase per degree Celsius global warming. The projected SH will be 

likely unchanged in accord with the likely unaltered surface wind speed. These results have 

important implications for the future change of the water supplies in the heavily populated South 

and East Asian countries. They could help the modeling groups further improve the climate model 

performance in the highland regions. 
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5.2. Introduction  

Climate change, especially global warming, is a critical global issue. The TP has been 

identified as a region susceptible to climate change (Liu and Chen 2000). In recent decades, the 

TP has undergone a noticeable warming trend (Wang et al. 2008, Xu et al. 2008) even during the 

global warming hiatus period of 1998–2013 (Duan and Xiao 2015, You et al. 2016, Ma et al. 2017), 

which has already changed TP thermal forcing and regional environment significantly. Thus, it is 

imperative to investigate how the TP heat sources will change under future warming and 

understand why these changes will occur. 

Atmosphere-ocean general circulation models (AOGCMs) and Earth system models (ESMs) 

are the primary tools for projecting future climate change. The Coupled Model Intercomparison 

Project (CMIP) makes plentiful standardized model outputs publicly available, considerably 

facilitating multimodel analyses of the past, current, and future climate. Multiple recent works 

found that most CMIP5 (phase 5 of CMIP) models have cold TP biases, and all of them 

overestimate precipitation in most parts of the TP (Su et al. 2013, Duan et al. 2013a, You et al. 

2016, Salunke et al. 2018). With these caveats, the CMIP5 models generally projected rising TP 

surface air temperature and increasing precipitation under various Representative Concentration 

Pathway (RCP)-based scenarios (Su et al. 2013, Chen and Frauenfeld 2014a, b, Jia et al. 2019a, 

b). However, much less attention has been paid to the future change of the surface sensible heat 

(SH) over the TP (e.g., Wang et al. 2019). The TP summer sensible heating may ‘pump’ 

surrounding air upward, transporting abundant water vapor from the ocean to feed the highland 

Asian summer monsoon (Wu et al., 2007, 2012). Besides, most researches focus on how the TP 

precipitation will change, but few studies have explored the factors contributing to precipitation or 

SH changes.  
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The present work aims to assess the future changes of condensational latent heat (LH) and 

SH over the eastern TP as they are two different types of major summer heat sources over the TP 

(Xie and Wang 2019). LH is solely determined by precipitation, so we use precipitation as a proxy 

for LH. Precipitation also represents a critical component of the hydrological cycle and 

significantly influences the water resources over China and South Asian countries. We analyze 22 

newest generation CMIP6 (phase 6 of CMIP) model products (Eyring et al. 2016) to (a) evaluate 

the models’ capability and biases in reproducing the present-day climatological TP heat sources 

against the previous CMIP5 results, (b) select credible models to synthesize their ensemble 

projection of the TP heat sources’ future changes, and (c) determine the causes of those future 

changes.  

 

5.3. Data and Methods  

5.3.1. CMIP6 model outputs 

The monthly CMIP6 data used in this study are downloaded from the Earth System Grid 

Federation (ESGF) data replication centers (https://esgf-node.llnl.gov/projects/cmip6/). Table 5.1 

lists the information of 22 models adopted in this study. The CMIP6 historical simulations (1850-

2014) and the future projections under the SSP2-4.5 (SSP245) scenario (2015–2100) are utilized. 

The SSP245 scenario represents the medium-level emission pathway, and several other MIPs adopt 

it as a reference scenario (O’Neill et al. 2016). The last 20-year average of the SSP245 experiment 

(i.e., 2081–2100) will be compared with its historical counterpart (1995–2014) to quantify the 

future change, which minimizes the uncertainties arising from the models’ internal variability 

(Wang et al. 2020). 
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Table 5.1. Description of the 22 CMIP6 models used in this study, including model names, countries, 
horizontal resolutions, and data references. All data are available online at https://esgf-
node.llnl.gov/search/cmip6/. 

Model Name Country Institution 
Resolution 
(Lat´Lon) 

ACCESS-CM2 
ACCESS-ESM1-5 

Australia Australian Community Climate and Earth System 
Simulator (ACCESS) 

144 ´ 192 
145 ´ 192 

BCC-CSM2-MR China Beijing Climate Center (BCC), 
China Meteorological Administration (CMA) 160 ´ 320 

CanESM5 Canada 
Canadian Centre for Climate Modelling and 
Analysis (CCCma) 64 ´ 128 

CESM2 
CESM2-WACCM USA National Center for Atmospheric Research (NCAR) 192 ´ 288 

CNRM-CM6-1 
CNRM-ESM2-1 France 

Centre National de Recherches Meteorologiques–
Centre Europeen de Recherche et Formation 
Avancees en Calcul Scientifique (CNRM-
CERFACS) 

128 ´ 256 

EC-Earth3 
EC-Earth3-Veg 

Europe European EC-Earth Consortium  256 ´ 512 

FGOALS-g3 China Chinese Academy of Sciences (CAS) 80 ´ 180 
GFDL-CM4 
GFDL-ESM4 USA 

Geophysical Fluid Dynamics Laboratory (NOAA-
GFDL) 180 ´ 288 

HadGEM3-GC31-LL UK Met Office Hadley Centre (MOHC) 144 ´ 192 
IPSL-CM6A-LR France Institute Pierre-Simon Laplace (IPSL) 143 ´ 144 

MIROC6 
MIROC-ES2L 

Japan 

Atmosphere and Ocean Research Institute 
(University of Tokyo), National Institute for 
Environmental Studies, and Japan Agency for 
Marine-Earth Science and Technology 

128 ´ 256 
64 ´ 128 

MPI-ESM1-2-HR 
MPI-ESM1-2-LR Germany Max Planck Institute for Meteorology (MPI-M) 

192 ´ 384 
96 ´ 192 

MRI-ESM2-0 Japan Meteorological Research Institute (MRI) 160 ´ 320 

NESM3 China 
Nanjing University of Information Science and 
Technology (NUIST) 96 ´ 192 

UKESM1-0-LL UK Natural Environment Research Council (NERC) and 
the Met Office Hadley Centre (MOHC) 

144 ´ 192 

 

We use the two-tailed Student’s t-test to see whether the projected 2081–2100 means are 

significantly different from the historical 1995–2014 means. This test yields the probability 

measuring how the projected future multi-model ensemble mean (MME; 𝑆h̅ from Equation (5.1a)) 
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differs from the simulated present-day MME (𝐻ih from Equation (5.1b)). The variances used in 

the Student’s t-test representing the intermodel spreads are calculated from Equations (5.1c) and 

(5.1d). 

𝑆h̅ =j𝑆k̅ =jl j 𝑆m,k

ec$$

mne$oc

p
q

knc

q

knc

, (5.1a) 

𝐻ih =j𝐻ik =jl j 𝐻m,k

e$c#

mnctt(

p
q

knc

q

knc

, (5.1b) 

Var(𝑆) = 	
∑ (𝑆k̅ − 𝑆h̅)eq
knc

𝑁 − 1
, (5.1c) 

Var(𝐻) = 	
∑ (𝐻ik − 𝐻ih)eq
knc

𝑁 − 1
, (5.1d) 

where  𝑆k̅ and 𝐻ik denote the 20-year averages of the SSP245 (S) and historical (H) simulations of 

each model, and N is the number of models. 

5.3.2. Observational datasets 

The monthly precipitation and surface (~2 m) air temperature data are obtained from the 

CN05.1 gridded observation dataset developed by Wu and Gao (2013). This dataset (1961–present) 

is based on more than 2400 meteorological stations in China and has been interpolated into a high 

resolution of 0.25° ´ 0.25°. The monthly SH flux data over the TP in 1984–2016 is provided by 

Xie and Wang (2019). This new estimate of SH is generated by merging several bias-corrected 

top-quality reanalysis datasets covering the entire TP region. These observational data are 

employed to evaluate the CMIP6 models’ historical products, using several statistical methods 

such as model bias and pattern correlation coefficient. The boreal summer season (June–August, 

i.e., JJA) from 1979 to 2014 is chosen for the present-day analysis. The study domain is the TP 

region (TP; 26°–42°N, 70°–105°E) within a boundary defined by elevation higher than 2500 m. 
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Since most of the Chinese Meteorological Administration stations are located in the eastern part 

of the plateau, the following investigations of both CMIP6 simulations and observations are 

limited to the eastern TP (east of 90°E). To facilitate the model validation against observation, we 

interpolate all data’s horizontal resolutions to 1° ´ 1°.  

5.3.3. Precipitation attribution analysis 

Condensational latent heat released from precipitation is calculated by LH = Pr 	× 	𝐿P 	×	𝜌P, 

where Pr is the total precipitation (mm day-1), 𝐿P  = 2.5×10-6 J kg-1 is the condensation heat 

coefficient, and 𝜌P = 103 kg m-3 is the density of liquid water (Duan and Wu 2008). Since LH is 

solely proportional to precipitation, we apply precipitation to represent LH for subsequent analyses. 

The precipitation attribution analysis (Jin et al. 2020) is adopted to examine the contributing 

factors to the future change of the eastern-TP precipitation. The expression of the moisture budget 

in a vertical column is:  

𝑃 − 𝐸 = − 〈
𝜕𝑞
𝜕𝑡
+ 𝐕 ∙ ∇𝑞 + 𝜔

𝜕𝑞
𝜕𝑝
〉 , (5.2) 

where 〈 〉 = c
� ∫ ( )<�

<�
𝑑𝑝 denotes the vertical integration. Here P and E are the precipitation rate 

and surface evaporation rate (kg m-2 s-1), respectively. 𝐕 is the horizontal wind velocity, ∇ is the 

horizontal gradient operator, q is the specific humidity, w is the vertical p velocity, and p is the 

pressure. The tropopause pressure 𝑝� is set to 100 hPa, and the surface pressure 𝑝D is set to 600 

hPa over the eastern TP. For monthly or seasonal mean motion, the local rate of change (��
�m

) can 

be neglected. A two-layer approximation is applied to the troposphere over the TP to estimate the 

moisture transport terms. Considering that the TP surface is around 600 hPa, we set the mid-level 

interface to 400 hPa and assume that the lower-layer mean specific humidity is equal to the specific 

humidity at 500 hPa, while the upper-layer specific humidity is negligible. Thus, the horizontal 
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and vertical moisture transports can be approximated by 

−〈𝐕 ∙ ∇𝑞〉 ≈ −
1
𝑔 �𝑢($$

𝜕𝑞($$
𝜕𝑥 + 𝑣($$

𝜕𝑞($$
𝜕𝑦 �∆𝑝, (5.3a) 

− 〈𝜔
𝜕𝑞
𝜕𝑝
〉 ≈ −

1
𝑔𝜔#$$𝑞($$,

(5.3b) 

where ∆𝑝 = 200 hPa is the thickness of the lower layer. Therefore, the precipitation change could 

be attributed to the changes in surface evaporation, low-level horizontal moisture advection, and 

vertical moisture transport, as expressed by the following Equation: 

∆Pr∗ = ∆Ev + ∆�−
∆𝑝
𝜌P𝑔

𝐕𝟓𝟎𝟎 ∙ ∇𝑞($$����������������
∆[�𝐕∙∇�]

+ ∆ �−
1
𝜌P𝑔

𝜔#$$𝑞($$��������������
∆[���]

, (5.4) 

where Pr = 𝑃/𝜌P and Ev = 𝐸/𝜌P (mm day-1). The operator ∆ represents the difference between 

the SSP245 projection (2081–2100 mean) and the historical simulation (1995–2014 mean). ∆Pr∗ 

denotes the diagnosed precipitation change that is the sum of the three terms on the right-hand side 

of Equation (5.4). 

5.3.4. Other statistical measures 

Several objective approaches are utilized to quantify the fidelity of the CIMP6 historical 

simulations: model bias (the difference between simulation and observation); relative bias defined 

as bias/observation´100% (Su et al. 2013); model spread (the standard deviation of multiple 

models’ simulations); pattern correlation coefficient (PCC) that measures the similarity between 

the modeled and observed climatology patterns; and domain-averaged normalized root-mean-

square error (NRMSE) of simulated climatology (Li et al. 2018). The root-mean-square error 

(RMSE) is computed by 

RMSE = �
1
𝑁j

(𝑆k −	𝑂k)e
q

knc

, (5.5) 
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where Si and Oi denote simulation and observation at each grid point, and N is the number of all 

grid points in the eastern TP. The NRMSE is the RMSE normalized by the observed spatial 

standard deviation:  

NRMSE = 	
RSME

¢ 1
𝑁 − 1∑ (𝑂k −	𝑂£)eq

knc

, (5.6) 

where 𝑂£ is the spatial mean value of the observation. 

 

5.4. Evaluations of the Modeled Present-day Summer Precipitation and Sensible Heat Flux 

Figure 5.1(a) shows that the observed JJA mean precipitation generally decreases from the 

southeast to the northwest over the TP because the South Asian monsoon transports abundant water 

vapor primarily to the southeastern TP. The regional-mean rainfall for the eastern TP is 3.3 mm 

day-1 or 302 mm during JJA. The historical precipitation simulated by the multi-model ensemble 

mean (MME) is higher than the observation in most parts of the TP region (Fig. 5.1b). The largest 

bias and intermodel spread (measured by one standard deviation of multiple models’ simulations) 

appear at the southern and eastern edges, indicating the models’ poor skills in simulating the 

monsoon rainfall amount over the southeastern TP. All models overestimate the observed 

precipitation with the relative biases ranging from 7.6% to 112.6% over the eastern TP. Thus, the 

22 models’ MME has a notable wet bias of 2.1 mm day-1 or 64.8% of the mean plus a great 

intermodel spread of 1.6 mm day-1. To quantify the discrepancy among models, we further 

calculate the PCC and NRMSE of each model compared with observation (Fig. 5.1c). Since the 

wet biases are substantial, both PCC and NRMSE need to be considered for choosing high-

performance models. The best eight models with high PCC (greater than the mean) and low 

NRMSE (smaller than the mean) are selected (upper left quadrant in Fig. 5.1c). The MME of the 

best eight models (‘Best 8 MME’) is better than the MME of all 22 models (‘22 MME’) in 
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capturing the observed pattern. The corresponding five poor models—PCC (NRMSE) lower 

(higher) than the mean value—are also picked out as a contrast group. The mean bias of the best 

group is 59.1%, which is significantly smaller than that of the poor group (89.6%). In addition, 

both observation and MME historical simulations exhibit no significant trend in the TP summer 

precipitation (figure not shown).  

 
Fig. 5.1. (a) Observed 1979–2014 JJA climatology of precipitation (Pr; units: mm day-1) over the TP 
from the CN05.1 dataset. (b) Patterns of MME’s bias (shading) and intermodel spread (contours) for 
precipitation. The black curve in (a) and (b) outlines the TP region with elevation above 2500 m. The 
dots in (a) denote the Chinese Meteorological Administration stations. (c) Performance of the 22 CMIP6 
models and their MME (solid black dot) on simulating the observed precipitation pattern over the eastern 
TP (east of 90°E). The vertical and horizontal coordinates in (c) are PCC and NRMSE, respectively. The 
horizontal (vertical) gray line in (c) indicates the mean value of the PCC (NRMSE) of 22 models. The 

hollow black square in (c) depicts the MME of the selected best eight models enclosed in the upper left 
quadrant. The five poor models are enclosed in the lower right quadrant. 

To see if there is an improvement compared to CMIP5, we refer to Su et al. (2013)’s results 

that examined the annual mean precipitation over the eastern TP in 24 CMIP5 models. They found 

an overestimation range of 61.9% to 183.4%, with a mean bias of 116.6% in CMIP5 models. 
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Through our calculations, the CMIP6 simulated annual mean precipitation has a mean bias of 

99.0%, with a range from 44.3% to 142.8%. We find that the CMIP6 models’ mean wet bias in 

annual mean precipitation is reduced by 18%, and the intermodel spread range is reduced by 23% 

compared to CMIP5. The improvement is statistically significant at the 90% confidence level. 

Considering that a fair comparison requires the same group of models or at least the same number 

of models, the comparison of ours and Su et al. (2013) results is not ideal but arguably reasonable.  

The period 1984–2014 is selected for the evaluation of SH owing to the limited availability 

of reliable observational data. The observed summer SH is stronger in the western-central and 

northern TP (Fig. 5.2a) due to sparse vegetation, semiarid surface condition, and higher altitude. 

The mean SH in the eastern TP is 48.4 W m-2. The distributions of the 22 MME’s bias and the 

intermodel spread (Fig. 5.2b) generally resemble that of the SH climatology (Fig. 5.2a) with larger 

negative bias over the western and northern TP. The MME has a bias of -6.1 W m-2 or -12.7% over 

the eastern TP, and the area-averaged intermodel spread is 14.7 W m-2. The relative biases of all 

models range from -61.8% to 35.7%, in which most of them (15 out of 22) underestimate the SH. 

Twelve out of 22 models with PCC above 0.75 suggest their good spatial correspondence with the 

observation, while other models have PCC lower than 0.62 (Fig. 5.2c). Since the model biases are 

relatively small, we use PCC as the primary criterion to select 12 models as a good-model group, 

and the other ten models form a poor-model group. It can be seen that the good models for SH do 

not precisely match those for the precipitation, indicating the model’s inconsistent skills in 

simulating different variables. For SH, the ‘Good 12 MME’ has the optimal performance with the 

highest PCC (0.90) and almost the lowest NRMSE (0.57). Considering the uncertainties in the SH 

datasets (Duan et al. 2014), we also compared the model simulations with two other advanced TP 

SH observational datasets provided, respectively, by Yang et al. (2011) for the period 1984–2006 

and Duan et al. (2018) for the period 1979–2016 to verify the reliability of the above result. It turns 



 

 86 

out that the same twelve good models are selected (Fig. 5.3). Moreover, the MME historical 

simulations can capture the weakening trend in the observed SH (figure not shown), which is 

mainly due to the reduced surface wind speed over the eastern TP (Duan et al. 2008), despite that 

the declining rate of the modeled SH is lower than the observed value. 

 
Fig. 5.2. Same as Fig. 5.1 but for surface sensible heat (SH; units: W m-2) in 1984–2014. The horizontal 
gray line in (c) indicates the mean value of the PCC of 22 models. The hollow black square in (c) depicts 
the MME of the selected twelve good models (above the gray line). 
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Fig. 5.3. Performance of the 22 CMIP6 models and their MME (solid black dot) on simulating the 
observed SH pattern over the eastern TP. The reference observational data are provided by (a) Xie and 
Wang (2019), (b) Yang et al. (2011), and (c) Duan et al. (2018), respectively. The vertical and horizontal 

coordinates are PCC and NRMSE. The horizontal gray line indicates the mean value of the PCC of 22 
models. The hollow black square depicts the MME of the selected twelve good models enclosed in the 
gray oval. 

 

5.5. Future Projections of the TP Summer Heat Sources 

5.5.1. Projected changes of the TP precipitation and sensible heat and their influencing factors 

We use the difference between the 2081–2100 average in the SSP245 experiment and the 

1995–2014 average in historical simulation to quantify the projected change in the 21st century 

and utilize the percentage of this difference to the 1995–2014 climatology to represent the expected 

relative change. The precipitation attribution analysis shows that the enhancement of vertical 

moisture transport and surface evaporation are the major contributors to the simulated precipitation 

increase. In contrast, the horizontal moisture advection term is relatively small and has a negative 

contribution (Fig. 5.4). This conclusion is valid for all models in general. However, the relative 

(a) Figure 2(c) in this study (b) CMIP6 compared with Yang et al (2011) (c) CMIP6 compared with Duan et al (2018)(a) Fig. 5.2(c) in this study                               (b) CMIP6 compared with Yang et al. (2011)        (c) CMIP6 compared with Duan et al. (2018) 
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contributions between the vertical transport and evaporation differ among the three MME groups. 

In ‘Best 8 MME,’ the increase in evaporation is much larger than the increase in vertical moisture 

transport, while in ‘Poor 5 MME,’ the substantial vertical moisture transport enhancement is the 

primary contributor to the precipitation increase. Thus, the contributions of these two terms are 

comparable in ‘22 MME.’ Compared to ‘22 MME’ and ‘Poor 5 MME,’ the ‘Best 8 MME’ 

diagnosed precipitation change (∆Pr∗) seems to a bit overestimate the projected change (∆Pr). The 

reason for this overestimation needs further investigation. 

 
Fig. 5.4. Moisture budget decomposition of the summer precipitation change (the difference between 
2081–2100 mean and 1995–2014 mean) over the eastern TP for three groups: ‘22 MME,’ ‘Best 8 MME,’ 
and ‘Poor 5 MME.’ The yellow, orange, pink, blue, and green bars denote the horizontal moisture 

advection change (∆[−𝐕 ∙ 𝛻𝑞]), vertical moisture transport change (∆[−𝜔𝑞]), surface evaporation 

change (∆Ev), diagnosed precipitation change (∆Pr∗), and multi-model simulated precipitation change 

(∆Pr), respectively. 

Table 5.2 presents the projected changes of precipitation and their attributing terms over the 

eastern TP. The significance of these future changes has been examined using the two-tailed 

Student’s t-test in which the intermodel spread (i.e., model uncertainty) is considered. The 

confidence level follows the likelihood scale assigned by the IPCC fifth assessment report on 

consistent treatment of uncertainties (Mastrandrea et al. 2010). Precipitation projected by ‘Best 8 
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MME’ will ‘likely’ increase by 6.2% (0.33 mm day-1), which is attributed to a ‘very likely’ 

enhancement of 12.1% in surface evaporation, a ‘likely’ intensification of 9.0% in vertical moisture 

transport, and a slight offset by the ‘likely’ decrease in horizontal moisture convergence. The 

‘virtually certain’ increase of 21.4% in low-level specific humidity and the ‘likely’ weakening of 

8.9% in ascending motion jointly induce the predicted strengthening in the vertical moisture 

transport. The relative change of the horizontal moisture advection term is quite large (40.5%) 

since this term’s historical average (negative) is very small. The results of ‘22 MME’ are similar 

to those of ‘Best 8 MME,’ except that the ‘22 MME’ projected precipitation will ‘very likely’ 

increase owing to the less offset effect by the ‘about as likely as not’ decrease in the upward motion. 

Table 5.2. ‘Best 8 MME’ and ‘22 MME’ projected precipitation changes and their contributing factors 
over the eastern TP in summer. Results of ‘22 MME’ are presented as a comparison. The *, **, and *** 
symbols indicate that the likelihood of the projected change is ‘likely’ (66–100% probability), ‘very 
likely’ (90–100% probability), and ‘virtually certain’ (99–100% probability), respectively (under two-
tailed Student’s t-test). The value without the asterisks means its likelihood is ‘about as likely as not’ 

(33–66% probability). Note that −𝜔#$$ is presented in the table because the summer-mean value of 

𝜔#$$ is negative over the eastern TP, which indicates the climatological ascending motion. 

 
𝑃𝑟 𝐸𝑣 [−𝑽 ∙ 𝛻𝑞] 

Change 
(mm day-1) 

Relative 
Change 

Change 
 (mm day-1) 

Relative 
Change 

Change 
 (mm day-1) 

Relative 
Change 

‘Best 8 
MME’ 0.33* 6.2%* 0.30** 12.1%** -0.065* 40.5%* 

‘22 
MME’ 0.48** 8.7%** 0.28** 10.9%** -0.061* 46.0%* 

 
[−𝜔𝑞] 𝑞($$ −𝜔#$$ 

Change 
 (mm day-1) 

Relative 
Change 

Change 
 (g kg-1) 

Relative 
Change 

Change 
 (Pa s-1) 

Relative 
Change 

‘Best 8 
MME’  0.18* 9.0%* 0.91*** 21.4%*** -4.14×10-3* -8.9%* 

‘22 
MME’ 0.31* 14.7%* 0.91*** 20.8%*** -2.19×10-3 -4.4% 
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According to the bulk aerodynamic formula of surface sensible heat flux, SH is proportional 

to the surface (~10 m) wind speed (𝑈D) and the ground-air temperature difference (𝑇D − 𝑇>D). The 

SH projected by ‘Good 12 MME’ will be ‘likely’ unchanged (i.e., ‘unlikely’ changed) in the future 

(Table 5.3). Meanwhile, the surface wind speed will also ‘likely’ remain unchanged, and the 

ground-air temperature difference will ‘about as likely as not’ (i.e., insignificantly) decrease. The 

‘22 MME’ predicted SH will be ‘very likely’ unchanged (i.e., ‘very unlikely’ changed). 

Table 5.3. ‘Good 12 MME’ and ‘22 MME’ projected SH changes and their influencing factors over the 
eastern TP in summer. The ++ and + symbols indicate ‘very unlikely’ (0–10% probability) and ‘unlikely’ 
(0–33% probability), respectively (under two-tailed Student’s t-test). The value without the symbols 
means its likelihood is ‘about as likely as not’ (33–66% probability). 

 

SH 𝑈D  𝑇D − 𝑇>D  

Change 
 (W m-2) Relative Change Change 

 (m s-1) Relative Change Change 
 (°C) 

Relative 
Change 

‘Good 12 
MME’  1.40+ 3.3%+ -0.10+ -3.8%+ -0.25 -15.0% 

‘22 
MME’ 0.21++ 0.5%++ -0.09+ -3.0%+ -0.16 -8.8% 

 

Figure 5.5 shows the range of the projected relative changes, illustrating the large inter-model 

variability in 22 models. The box includes 66% of data that shows the range of ‘likely’ occurrence, 

and the dashed line between the 5th and 95th percentiles represents the ‘very likely’ range. Most 

models project enhancement in precipitation. Six of the best eight models are concentrated in the 

‘likely’ box, and the ‘22 MME’ projection is higher than the ‘Best 8 MME.’ Since the MPI-ESM1-

2-HR and MPI-ESM1-2-LR models predict negative changes, the projection range of the ‘Best 8’ 

group is quite large. The projected changes of SH show great discrepancies among the models, and 

the ‘likely’ box is inclusive of zero, which induces the insignificant MME change. The spread of 

the good models for SH is also broad, mainly due to the two notable positive outliers (CESM2 and 

CESM2-WACCM models). 
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Fig. 5.5. Range of the projected relative changes of precipitation (Pr; mm day-1) and SH (W m-2): 2081–
2100 average minus 1995–2014 average. The boxplots indicate the 5th and 95th percentiles (whiskers), 
17th and 83rd percentiles (box ends), and median (black solid middle bar). The black hollow star is the 
MME of all 22 models, and the black circle denotes the MME of the best eight (twelve good) models 
for Pr (SH). The small blue (red) circles represent the individual projections by the best eight (twelve 
good) models for Pr (SH).  

5.5.2 Precipitation sensitivity to local and global warming 

To obtain the precipitation sensitivity (the relative change scaled to one degree of local or 

global warming), we evaluate the simulated surface air temperature (𝑇>D). The ‘22 MME’ has a 

cold bias of 0.31 °C that is -3.5% relative to the observation over the eastern TP. This bias is 

slightly less than the cold bias found in the CMIP5 models (< 1 °C in summer) (Su et al. 2013). 

All models have PCC higher than 0.6 in simulating observed 𝑇>D. The best six models for 𝑇>D are 

the same as those for SH, suggesting that the models better simulating the surface air temperature 

are more likely to simulate the SH better over the TP. The best models for precipitation are different 
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from those for 𝑇>D , but the ‘Pr Best 8 MME’ still has good performance in reproducing the 

climatological 𝑇>D (PCC = 0.81). Therefore, considering the consistency with the precipitation, we 

use the ‘Pr Best 8 MME’ to analyze the future change of 𝑇>D. All 22 models predict a steadily 

warming trend under SSP245, and the projected 20-year change from ‘Pr Best 8 MME’ is 3.0 °C 

that is virtually certain warming over the eastern TP. Given the relative change of precipitation is 

6.2%, the precipitation sensitivity to local warming is 2.1% °C-1. The global surface air temperature 

is projected to rise by 2.3 °C from ‘Pr Best 8 MME.’ Thus, the precipitation sensitivity to global 

warming is 2.7% °C-1.  

As the TP will warm up in the future, the surface evaporation and low-level specific humidity 

are projected to increase significantly according to the Clausius-Clapeyron relationship (Held and 

Soden 2006). We have checked that the soil moisture is projected to be very unlikely changed over 

the eastern TP, but the leaf area index will likely increase. The vegetation greening will probably 

help enhance the land-surface evapotranspiration. Moreover, to investigate what causes the likely 

weakening of ascending motion in ‘Best 8 MME,’ we examine the future changes of the 500 hPa 

divergence (∇ ∙ 𝑽($$) at the top of the eastern TP boundary layer and the atmospheric static stability 

measured by the difference between 200 hPa and 500 hPa pseudoequivalent potential temperature 

(∆𝜃D©; Bolton 1980) (Table 5.4). The ‘Best 8 MME’ predicts an ‘about as likely as not’ increase in 

500 hPa divergence. Besides, the projected 500 hPa air temperature difference (∆𝑇($$) between 

the eastern TP and East Asia (EA: 25°–40°N, 105°–130°E) is ‘about as likely as not’ to decrease. 

The changes of both ∇ ∙ 𝑽($$  and ∆𝑇($$  imply an insignificant reduction of the TP low-level 

cyclonic circulation. The static stability is projected to ‘very likely’ increase by about 10% due to 

the greenhouse gases (GHGs)-induced top-heavy heating (i.e., the upper-level air will warm faster 

than the low-level air). Thus, the atmospheric stabilization is the main cause for the likely 

weakening of the TP upward motion. 
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Table 5.4. ‘Best 8 MME’ projected changes of ∇ ∙ 𝑉($$, ∆𝑇($$, and ∆𝜃D© over the eastern TP in summer. 

The ** symbol indicates ‘very likely’ (90–100% probability) change (under two-tailed Student’s t-test). 
The values without the asterisks denote their likelihood are ‘about as likely as not’ (33–66% probability). 

 
𝛻 ∙ 𝑽($$ ∆𝑇($$: TP–EA ∆𝜃D©: 200 hPa – 500 hPa 

Change 
 (s-1) Relative Change Change 

 (°C) Relative Change Change 
 (K) 

Relative 
Change 

‘Best 8 
MME’ 1.24×10-7 33.4% -0.08 -5.3% 2.63** 10.1%** 

 

5.6 Conclusions and Discussion 

Most CMIP6 models can reasonably simulate the observed climatological patterns of 

precipitation and temperature over the eastern TP. However, the SH pattern still could not be well 

captured by nearly half of the models. It is worth noting that the best six models for SH are the 

same as those for surface air temperature. The mean cold bias in CMIP6 (0.31 °C) is slightly 

reduced compared to Su et al. (2013) assessed CMIP5’s cold bias (< 1 °C). The models have large 

wet biases with a mean of 2.1 mm day-1 or 65%. Compared to the CMIP5 simulations (Su et al. 

2013), we find that the mean wet bias in the CMIP6 simulated annual mean precipitation is reduced 

by 18%, with a reduction of 23% in the intermodel spread range. However, the systematic wet 

biases remain relatively large in CMIP6 models, suggesting that the simulation of precipitation 

remains a major challenge. We attempted to ascribe the bias to the models’ limited capability in 

dealing with topographic effects. Current climate models cannot fully capture many regional 

processes such as local circulation induced by complex topography due to their coarse resolution 

(Giorgi and Marinucci 1996, Su et al. 2013). Meanwhile, model performance is sensitive to 

parameterization schemes for sub-grid convective processes (Kang and Hong 2008, Chen et al. 2010, 

Neelin et al. 2010). Deficient cumulus parametrization could induce biases in simulations. 
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Most models project a prominent warming and wetting trend in the 21st century under the 

SSP245 scenario. The ‘Pr Best 8 MME’ projects a 3.0°C increase in local temperature and a 6.2% 

increase in precipitation compared to 1979–2014 mean. The precipitation sensitivity to local 

temperature rise is 2.1% °C-1, and to global warming is 2.7% °C-1. The likely increase in 

precipitation is primarily attributed to the likely increasing vertical moisture transport and the very 

likely intensifying surface evaporation. The vertical moisture transport depends on the changes of 

low-level moisture and mid-level upward motion. Anthropogenic warming certainly enhances 

low-level humidity. The increasing water vapor likely comes from the future enhancement of 

evaporation or evapotranspiration from the land surface, including the lake, vegetation, soil, river, 

and glacier. A surface water budget analysis is needed to fully address the sources of the water 

vapor. On the other hand, the GHGs-induced top-heavy heating stabilizes the atmosphere and thus 

likely weakens the upward motion. The weakening of the ascending motion partially offsets the 

increases in surface humidity and evaporation, thereby reducing the precipitation sensitivity to 

global warming. 

For SH, ‘Good 12 MME’ predicts an ‘unlikely’ change due to the large intermodel spread. 

Along with it, the near-surface wind speed will also be likely unchanged, although the ground-air 

temperature is projected to ‘about as likely as not’ decrease. By comparing the historical 

simulations of 𝑈D  and 𝑇D − 𝑇>D  with the corresponding observations, we find that the CMIP6 

models can capture the decreasing trend of observed 𝑈D but not the increasing trend of 𝑇D − 𝑇>D 

(Fig. 5.6). Oppositely, the ‘Good 12 MME’ even simulates a decreasing trend of 𝑇D − 𝑇>D during 

1979–2014. Thus, the projected decrease in 𝑇D − 𝑇>D may not be reliable. Further investigation is 

needed to understand the models’ poor performance in simulating 𝑇D − 𝑇>D . Since the CMIP6 

models show high performance for 𝑇>D, the problem might come from the simulation of 𝑇D, which 

is related to complex land processes in the plateau region. 
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Fig. 5.6. Time evolutions of the eastern-TP-averaged JJA surface wind speed (𝑈D; units: m s-1) and 

ground-air temperature difference (𝑇D − 𝑇>D; units: °C) in (a) observation and (b) historical simulation 

by ‘Good 12 MME’. The 1979–2014 climatological means have been removed in (b). The dashed lines 
indicate the linear trends of each curve, and the numbers near the lines denote the corresponding linear 

trends per decade. The shading area in (b) displays the MME’s uncertainty represented by intermodel 
spread, i.e., one standard deviation. 

The CMIP6 models’ biases over the TP are probably associated with the coarse model 

resolution and defective physical parameterization. The current models cannot fully capture many 

local processes induced by complex topography. In this study, the EC-Earth3 and EC-Earth3-Veg 

models have the highest spatial resolution (256 ́  512). These two models are the best in simulating 

the observed temperature pattern and are superior in reproducing SH. For the precipitation, these 

two European models also have almost the least wet biases. Besides, by comparing the models 

from the same institution, the wet bias of the high-resolution model (MPI-ESM1-2-HR or 

MIROC6) is smaller than that of the low-resolution model (MPI-ESM1-2-LR or MIROC-ES2L). 

The above results suggest that refining spatial resolution could help to reduce model biases in the 

TP region. The apparent wet bias is also related to the deficiencies in model cumulus 

parameterizations, one of the major sources of uncertainty in precipitation projection and needs to 

be further explored. This study may help the modeling groups further improve the climate model 

performance in highland regions. 
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Chapter 6. Concluding Remarks 

 

6.1. Key Findings 

In the first part of this dissertation, a new and reliable estimate of the summer heat sources 

over the entire Tibetan Plateau (TP) has been developed by synthetically using several bias-

corrected reanalysis datasets, gauge-based observations, and selected satellite data. The 

climatology, long-term trends and interannual variations of summer total heat and its three 

components over various sub-regions of the TP have been comprehensively examined. Different 

from most previous research that focused on the station-covered eastern TP (east of 85°E), this 

study pays more attention to the data-sparse western plateau (70° - 85°E). A noteworthy new 

finding in summer climatology is a minimum of the total heat area over the northwestern TP 

(around 76°E, 36°N). The radiative cooling there is strong due to the insulation effect of debris-

covered Karakoram glaciers on solar radiation, while SH and LH there are relatively small, thus 

leading to a negative value of the total heat. The latent heat (LH) plays the most important role for 

the total heat over the central-eastern TP in July-August, while the surface sensible heat (SH) is 

stronger in June and over the central-western TP; radiative cooling is largest in August. The total 

heat shows insignificant trends over the eastern and central TP from 1984 to 2006, whereas it 

exhibits an evident increasing trend over the western TP. The year-to-year variation of the total 

heat over the central-eastern TP is highly correlated with LH. The TH of WTP is significantly 

correlated with RD and SH. It is also worth noting that the variations of the total heat in each 

summer month are not significantly correlated with each other. 

In Chapters 3 and 4, the different origins and impacts are explored for the interannual 

variations in the summer heat sources over the western, central, and eastern TP, using the newly 

developed heat source dataset and conducting several numerical model experiments. Correlation 
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results suggest that the ETP heating is strongly correlated with the negative summer NAO; the 

CTP heating is closely linked with El Niño; the WTP heating is highly correlated with the WP 

cooling-CP warming and negatively correlated with the tropical Atlantic SSTA. AGCM 

experiments have verified the effects of the remote SSTA forcings on the TP heating variations. 

The direct wave responses to the ETP, CTP, and WTP heating forcings have large differences. The 

ETP heating generates an upper-level wave train propagating eastward to the northwestern Pacific. 

The wave train produced by the CTP heating is propagating to north-central Pacific. The WTP 

heating excites a wave train that splits into two branches: the northern one propagates 

northeastward to the Arctic region and the southern one propagates eastward to coastal 

northwestern Pacific. The WTP-heating induced upper-level anticyclones can cause near-surface 

warming in southeastern China and polar Asia. 

In Chapter 5, future changes of summer latent heat released from precipitation and SH over 

the eastern TP are investigated with 22 CMIP6 models’ outputs. The latent heat is represented by 

the variable precipitation. Nearly all models can simulate the observed climatological precipitation 

pattern (1979–2014) but overestimate it by a mean bias of 2.1 mm day-1 (or 65%). SH has scarcely 

been evaluated, and we found that one-third of the models cannot capture its spatial structure, and 

most models underestimate it with a mean bias of -6.1 W m-2 (or -12.7%). The models with high 

performance are selected, and their multimodel ensemble mean (MME) projects that, under the 

medium emission scenario (SSP2-4.5), the summer precipitation in 2065–2100 is 6.2% higher than 

the historical 1979–2014 mean, and it will likely increase 2.7%  per one degree of global warming 

due to the remarkable enhancement of surface evaporation and vertical moisture transport that are 

partially offset by weakening ascending motion. The SH is projected to be likely unchanged due 

to a considerable intermodel spread, which is related to the likely unaltered surface wind speed.  
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6.2. Discussion and Future Work 

As a first attempt to comprehensively investigate the total summer heat source and its three 

components over the data-sparse central-western TP, the observation-validated study in Chapter 1 

could improve the accuracy in the heat source estimation over the TP, especially the station-void 

WTP. This new reliable estimate of the summer heat sources over the TP is very important for 

relevant model evaluations, climate change research, and future climate predictions. With the 

complex topography and climate patterns seen in the TP, there is still a need for a higher station 

density and more in situ observations to fully understand the climate variability in the heat sources 

over the TP. 

Chapters 3 and 4 only adopted a coarse-resolution AGCM to conduct experiments in order to 

emphasize the role of the prescribed heating or SSTA. In the future, experiments using high-

resolution model are needed to examine the accuracy of the current results, and the coupled model 

experiments also need to be conducted to explore the effect of air-sea interaction.  

In Chapter 5, the CMIP6 simulations have not been evidently improved compared to CMIP5 

models, indicating that the systematic model deficiencies still exist. The biases over the TP may 

be related to the coarse model resolutions and the deficient physical parameterization. Many local 

processes induced by the complex topography cannot be fully captured by the models. Further 

study is needed to explore the specific causes of biases to improve the performance of future 

climate models. Moreover, the TP heating’s impacts can be examined using CMIP6 model 

products, and the future change of the impacts is also an interesting topic. 
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