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Abstract 18 

Modern phosphogenesis occurs on continental margins influenced by upwelling and high 19 

primary productivity. The formation of phosphatic sediments is coupled to global climate 20 

fluctuations, biological cycling of phosphorus and local redox conditions. Although the 21 

processes involved in phosphogenesis are well described, high-resolution data on the redox 22 

and stable isotope systematics in Recent in-situ phosphorites are scarce. In this contribution, 23 

we investigate the trace element and sulfur, nitrogen and organic carbon stable isotope 24 

composition of Recent in-situ phosphatic sediments off the coast of Namibia. Also, we 25 

examine the reliability of different widely used geochemical proxies in phosphatic sediments. 26 

Our results suggest a shift from sulfidic to suboxic conditions, coinciding with the maximum 27 

in solid calcium phosphate mineral concentration. This shift is accompanied by unidirectional 28 

changes in Mo and Re enrichments and TOC abundance. Relatively low pyrite δ34S values 29 

(ca -20‰) of phosphatic sediments indicate open system fractionation during 30 

phosphogenesis. The initiation of phosphogenesis is also accompanied by negative shifts in 31 
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sedimentary δ13Corg and δ15N values. Phosphate associated sulfate (PAS) δ34S values are 32 

lower than modern seawater sulfate values, suggesting the involvement of chemolithotrophic 33 

sulfur oxidation. Our results show a shift in redox conditions from sulfidic to (sub)oxic, 34 

coupled with active sulfur cycling are prerequisites for phosphogenesis. Phosphatic sediments 35 

show substantial enrichments in U and V highlighting the complexity of using these 36 

elements, as well as V/(V+Ni) and V/Cr, as redox proxies particularly in phosphorites and 37 

phosphatic sediments. 38 

1. Introduction 39 

Phosphorus is a key limiting macronutrient on geological timescales (Tyrrell, 1999) and 40 

understanding the intricacies of the phosphorus cycle is, therefore, crucial for deciphering the 41 

interactions between the biosphere, atmosphere-hydrosphere and lithosphere. A key link in 42 

the P-cycle is phosphogenesis – the formation of sedimentary phosphates – representing the 43 

ultimate sink for marine phosphorus (Ruttenberg and Berner, 1993). Phosphogenesis is a 44 

complex phenomenon resulting from an interplay of a variety of physical, biological and 45 

chemical factors (Arning et al., 2009a; Brock and Schulz-Vogt, 2011; Föllmi, 1996; 46 

Goldhammer et al., 2010; Krajewski, 1994; Mänd et al., 2018; Schulz and Schulz, 2005). The 47 

oldest known phosphatic sediments (Lepland et al., 2014; Soares et al., 2019) appear in the 48 

Paleoproterozoic, in response to environmental changes triggered by the Great Oxidation 49 

Event (Bekker and Holland, 2012; Holland, 2006). The first economically significant episode 50 

of phosphorite (i.e. rocks containing at least 9 wt.% of P2O5; Filippelli, 2011) formation 51 

coincides with the Neoproterozoic Oxygenation Event, possibly related to (bio-)evolutionary 52 

advances (Shields et al., 2000) and expansive oxidative weathering (Pufahl and Groat, 2017), 53 

which caused enhanced mobilization and cycling of P, which, in turn, led to boosted 54 

bioproductivity and eventually to the large-scale burial of phosphatic sediments.  55 

Nearly all of the largest Phanerozoic phosphorites have formed at upwelling continental 56 

margins during periods of fluctuating climate and enhanced weathering (Compton et al., 57 

2002; Compton and Bergh, 2016; Föllmi, 1996; Föllmi et al., 2019; Pufahl and Groat, 2017; 58 

Schöllhorn et al., 2020; Shields et al., 2000). Similarly, modern phosphogenesis occurs on the 59 

continental shelfs of Peru and Chile (Arning et al., 2009b, 2009a; Burnett, 1977), Namibia 60 

(Baturin, 2000; Compton et al., 2002; Compton and Bergh, 2016), Baja California (Jahnke et 61 

al., 1983), the Arabian Sea (Schenau et al., 2000) and Western Australia (Heggie et al., 1990; 62 

O’Brien and Veeh, 1980). With the exception of the lattermost of these sites, the rest of the 63 
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major modern sites of phosphogenesis are found on continental margins influenced by strong 64 

upwelling of cold nutrient-rich water from the deep ocean (Föllmi, 1996). High primary 65 

production, made possible by the upwelled nutrients, leads to the accumulation of large 66 

quantities of organic matter. Subsequent degradation of this organic matter liberates organic-67 

bound P and increases pore-water phosphate concentrations, leading to phosphate 68 

precipitation, typically in the form of the Ca-phosphate mineral apatite (Arning et al., 2009a).  69 

The formation of apatite is thought to occur during early diagenesis in the topmost few 70 

centimeters of the sediment column (Schulz and Schulz, 2005). Initially, amorphous Ca-71 

phosphate precursors precipitate from supersaturated pore-water, which then transform over 72 

time to a stable carbonate-rich fluorapatite (Krajewski, 1994). In order to precipitate apatite 73 

precursor phases, significant build-up of interstitial phosphate is needed. Increase in pore-74 

water phosphate has been attributed to microbial organic matter degradation (Arning et al., 75 

2009a; Glenn et al., 1994), dissolution of biogenic apatite (Froelich et al., 1988) as well as 76 

Fe-Mn oxyhydroxide cycling (Jarvis et al., 1994; Noffke et al., 2012) or “bacterial pumping” 77 

(Schulz and Schulz, 2005). A combination of these different processes can raise the pore-78 

water PO4
3– concentrations to levels necessary for the precipitation of Ca-phosphate phases 79 

(Arning et al., 2009b; Goldhammer et al., 2010).  80 

Dissolved phosphate buildup in pore-water mediated by Fe-Mn oxyhydroxide cycling 81 

(Noffke et al., 2012) and/or by sulfur oxidizing bacteria (Schulz and Schulz, 2005) have been 82 

suggested as the most significant pre-concentration processes leading to Ca-phosphate 83 

precipitation. Fe-Mn oxyhydroxide transport operates by repeated delivery and release of 84 

phosphate adsorbed onto oxide particles under oscillating redox conditions (Pufahl and 85 

Grimm, 2003) or through repeated mixing of Fe-Mn phases over the redox boundary by 86 

bioturbation (Jarvis et al., 1994), resulting in build-up of the interstitial phosphate 87 

concentration. In addition, shallow subsurface sediments at upwelling sites are densely 88 

populated (up to 50 g/m2) by large sulfur bacteria (LSB) such as Thiomargarita namibiensis 89 

(Schulz et al., 1999) as well as other polyphosphate-metabolizing organisms (Zoss et al., 90 

2018). LSB use nitrate or oxygen as an electron acceptor to oxidize sulfide (Schulz and 91 

Schulz, 2005) but can also accumulate phosphate intracellularly as polyphosphate in their 92 

vacuoles during (sub)oxic periods and metabolize the compound during periods of sulfidic 93 

conditions. Thus, by releasing the hydrolyzed polyphosphate into the surrounding pore-water 94 

the interstitial phosphate concentration can be built up to levels required to initiate 95 

spontaneous Ca-phosphate precipitation (Brock and Schulz-Vogt, 2011; Schulz and Schulz, 96 
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2005). Moreover, LSB microbial mats can play an additional role in phosphogenesis by 97 

providing exopolymeric substances acting as substrates for primary nucleation of Ca-98 

phosphate phases (Mänd et al., 2018). Polyphosphate accumulation by LSB takes place only 99 

under energetically favorable conditions, when sufficient nitrate or oxygen is available, 100 

whereas phosphate is released during sulfidic periods (Brock and Schulz-Vogt, 2011). 101 

Similarly, the Fe-Mn oxyhydroxides take up P from oxic seawater and release the particle-102 

bound P during reductive dissolution, which occurs in a suboxic zone below the sediment–103 

water interface (SWI) after the depletion of pore-water oxygen and nitrate (Tribovillard et al., 104 

2006). Because of this dependence on oxygen depletion, both bacterial and Fe-Mn 105 

oxyhydroxide “pumping” are redox-dependent processes that take place within sediments 106 

near the fluctuating (sub)oxic-anoxic transition zone. Remineralization of abundant organic 107 

matter in phosphogenic sites rapidly depletes the supply of electron acceptors, causing the 108 

development of shallow and sharp redoxclines near the SWI which, then, act like an “on-off” 109 

switch for the precipitation of Ca-phosphate 110 

Another factor controlling Ca-phosphate precipitation is pore-water carbonate alkalinity 111 

(Glenn and Arthur, 1988). High rates of microbial sulfate reduction lead to an increase in 112 

pore-water HCO3
- concentrations (Berner et al., 1970), which inhibits apatite precipitation at 113 

pH <9 by the formation of ion pairs between dissolved carbonate and Ca2+, resulting in a 114 

decrease of free calcium ions by competing Ca-carbonate precipitation (Nathan and Sass, 115 

1981; Glenn and Arthur, 1988; Song et al., 2002). As a result of the relatively narrow pH and 116 

Eh ranges that are conducive to the biological and geochemical transformations involved, 117 

primary phosphogenesis is limited to shallow sediments directly beneath the SWI. 118 

Earlier studies have highlighted the link between suboxia and modern phosphogenesis (e.g., 119 

Arning et al., 2009b; Baturin, 2000; Benmore et al., 1983; Compton and Bergh, 2016; Föllmi, 120 

1996; Glenn et al., 1994; Glenn and Arthur, 1988; Ingall and Jahnke, 1994; Schuffert et al., 121 

1998; Schulz and Schulz, 2005). Numerous studies have used mineralogical, geochemical 122 

and isotope proxies to delineate the paleoredox conditions of phosphogenesis through Earth´s 123 

history (e.g., Álvaro et al., 2016; Baturin et al., 2014; Berndmeyer et al., 2012; Birski et al., 124 

2019; Bradbury et al., 2015; Daesslé and Carriquiry, 2008; Garnit et al., 2017; Jahnke et al., 125 

1983; Joosu et al., 2016, 2015; Lepland et al., 2014; Schöllhorn et al., 2020; Wallin, 1989). 126 

However, the majority of phosphogenesis takes place under dynamic redox and sedimentary 127 

settings and phosphatic sediments forming near the seafloor can be prone to reworking and 128 

winnowing due to the relatively high specific gravity of sedimentary apatite (2.9 g/cm3; 129 



5 

 

 

Föllmi, 1996). Hence, geochemical data are scarce from in-situ phosphatic sediments where 130 

phosphate precipitation is or has been recently taking place, as opposed to 131 

reworked/winnowed phosphorite deposits where geochemical signatures of the precipitation 132 

environment can be muted (e.g., Lumiste et al., 2019). In this study we present high-133 

resolution trace element and stable isotope data from Namibian Shelf sediments containing 134 

autochthonous in-situ Recent sedimentary apatite. We assess the redox conditions and stable 135 

isotope systematics and evaluate the validity of different geochemical and isotope proxies as 136 

reflecting the environmental conditions during phosphogenesis. 137 

2. Geological setting 138 

The Namibian Shelf was formed after the breakup of Gondwana. It is characterized as an 139 

unusually deep (Compton and Bergh, 2016) and broad (50-150 km; Brüchert et al., 2006; 140 

Compton and Bergh, 2016) passive continental margin. The basement of the shelf is made up 141 

of Precambrian rocks, overlain by Jurassic to Cenozoic sedimentary rocks, which are 142 

truncated by an erosional surface (Compton and Bergh, 2016). The patchy sediment cover of 143 

the shelf, while poorly documented, varies from Pleistocene to Recent in age (Compton and 144 

Bergh, 2016). The Kunene and Orange rivers are the only perennial rivers that carry 145 

sediments to the shelf. Instead, a significant portion of terrigenous sediments is delivered to 146 

the shelf by eolian transport (Eckardt and Kuring, 2005).  147 

The Benguela Upwelling System (BUS) is the most productive modern eastern boundary 148 

upwelling system (0.37 Gt C/yr; Carr, 2001). It plays a crucial role in determining the 149 

(geo)biochemical environment of the shelf. Dominant northwards winds carry surface water 150 

away from the shelf, which is compensated by upwelling of nutrient-rich cold deep water 151 

(Carr, 2001). This influx of nutrients is utilized by the biosphere, leading to high primary 152 

production, and in turn, to high abundance of sinking organic matter. Remineralisation of this 153 

organic matter causes a steep suboxic-sulfidic redoxcline in the sediments. These shallow 154 

redoxclines fluctuate depending on the intensity of primary production in the overlying water 155 

column (Brüchert et al., 2000). Shifts in redox conditions can lead to significant sulfide build-156 

up in the topmost <10 cm of the sediment column (Brüchert et al., 2006) and can, in some 157 

cases, even result in eruptions of sulfide or “sulfide blooms” to the water column (Emeis et 158 

al., 2004).  159 

Sediments on the shelf, varying from quartz sands to organic-rich diatomaceous mud, contain 160 

patchy phosphorite deposits ranging from Miocene to Recent in age (Baturin, 2000; Compton 161 
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and Bergh, 2016). The first appearance of sedimentary apatite enrichments on the Namibian 162 

Shelf coincides with the initiation of the BUS, following the Late Miocene global cooling 163 

phase (Hoetzel et al., 2017). Apatite containing sediments on the shelf can be broadly divided 164 

into two distinct groups: reworked phosphorites and phosphatic sediments on the middle and 165 

outer shelf and in-situ phosphatic sediments on the inner shelf (Baturin, 2000; Compton and 166 

Bergh, 2016). The current locus of phosphogenesis on the Namibian inner self is located in 167 

the organic rich diatomaceous ooze belt near Walvis Bay (Baturin, 2000; Compton et al., 168 

2002; Compton and Bergh, 2016; Mänd et al., 2018). Deposits on the middle and outer shelf 169 

are reworked and winnowed with apatite concentrations reaching 28 wt.% (Mänd et al., 170 

2018). Reworked apatite grains are well rounded, 200-500 µm in size, and contain pyrite and 171 

barite inclusions (Lumiste et al., 2019). Phosphatic sediments on the inner shelf contain less 172 

apatite (<15%), alongside quartz, plagioclase, K-feldspar, calcite and glauconite (Mänd et al., 173 

2018). The apatite grains in these sediments are subangular to poorly rounded pore fillings, 174 

which, along with coexisting fragile diatom frustules, are indicative of in-situ origin. The 175 

authigenic grains are smaller (<300 µm, Lumiste et al., 2019). Concentric layering of 176 

secondary apatite in some grains points towards a complex and episodic phosphogenesis 177 

under dynamic redox conditions (Lumiste et al., 2019; Mänd et al., 2018). The age of both 178 

types of apatite grains is poorly constrained; the in-situ sediments were likely deposited 179 

during the Pleistocene to Holocene (Baturin, 2000), whereas the reworked deposits are 180 

younger than 5.8 Ma (Compton and Bergh, 2016).  181 

3. Materials and methods 182 

Studied sediment core was collected using an Ocean Instruments MC-400 multi-corer on-183 

board R/V Mirabilis in May 2015. Core 25005 (Fig. 1) was retrieved from phosphatic 184 

sediments on the inner shelf (Lat.: 25° S, Long.: 14.74° E, ~ 50 m b.s.l, core length 25 cm) in 185 

an area where the density of Thiomargarita bacterial mats have been measured to be 50-100 186 

g/m2 (Brüchert et al., 2006). The sediment core was sampled at 1 cm intervals for the top 10 187 

cm, and 2 cm intervals below that, and the samples were freeze dried.  188 

To study the petrographic characteristics of phosphatic sediments, bulk samples from Core 189 

25005 were mounted on scanning electron microscope stubs and analyzed using optical 190 

microscopy and a variable pressure Zeiss EVO MA15 scanning electron microscope (SEM) 191 

at University of Tartu.  192 



7 

 

 

Bulk sediment trace elemental compositions were measured at Bureau Veritas labs in 193 

Vancouver, Canada. A 0.25 g subsample was digested in HNO3, HClO4 and HF and 194 

measured by inductively coupled plasma mass spectrometry (ICP-MS). Analytical data, 195 

detection limits and reference materials are given in Supplementary Table 1. Total 196 

phosphorus and sulfur concentrations in core 25005 were reported in Mänd et al. (2018).  197 

To assess the degree of enrichment or depletion of trace elements, the enrichment (EN) was 198 

calculated by normalizing the trace element values with Al (EN(element X) = X (mg kg-1) / Al 199 

(%) (see Bennett and Canfield, 2020 for discussion on different normalization approaches). 200 

The molar ratio of organic carbon to sedimentary phosphorus (Corg/P; Algeo and Ingall, 2007) 201 

was calculated as Corg/P = (TOC (wt.%) /12)/(P (wt.%) /30.97).  202 

Phosphate-associated sulfate (PAS) was extracted by applying a modified sample preparation 203 

method described by Arning et al. (2009) and Canfield et al. (1986). Prior to sulfide and PAS 204 

extraction, the samples were pre-treated with 1M NaCl and 1 M ascorbic acid for 24h to 205 

remove the easily extractable sulfate (EES). Ascorbic acid was added to inhibit sulfide 206 

oxidation. After pre-treatment the samples were centrifuged and filtered. Around 5 ml of 0.5 207 

M BaCl2 solution was added to the filtrate to precipitate the EES as BaSO4. After 24 h, the 208 

EES containing solution was centrifuged and the precipitate was dried.  209 

Chromium reduction was used to extract sulfides from the pre-treated sediment samples 210 

(Canfield et al., 1986). The samples were transferred to a glass reaction vessel and around 10 211 

ml of ethanol was added. Samples were flushed with N2 for 15 min, after which 16 ml of 2 M 212 

HCl and 16 ml of 1 M CrCl2 was added to the vessel. The samples were heated on a hotplate 213 

for 2 hours. The resulting chromium reducible sulfur (CRS) as H2S-gas was carried by the N2 214 

into a trapping vessel containing 0.1 M AgNO3, where the sulfur precipitated as Ag2S. The 215 

residual mixture of sediment sample, 2 M HCl and 1 M CrCl2 was centrifuged and filtered. 216 

The filtrate was left to react with 0.5 M BaCl2 for 24 h. The precipitate containing PAS was 217 

centrifuged and dried. A separate chromium reduction run was performed where only 2 M 218 

HCl was allowed to react with the sample for the first 1 h, prior to adding the CrCl2, to 219 

separate the acid volatile sulfides (AVS) from CRS. Samples did not contain enough AVS to 220 

determine their sulfur isotope composition.  221 

For determining δ13Corg, δ
15N and δ34Sbulk values, the samples were treated overnight with 2 222 

M HCl in order to remove carbonate phases. Decarbonated samples were washed three times 223 

with DI water prior to measuring. Total organic carbon (TOC), and Corg isotope composition 224 
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were measured using an isotope-ratio mass spectrometer (IRMS) Delta V Plus + Flash HT+ 225 

Conflo IV at University of Tartu. Measurements were calibrated using IAEA-CH-3 and 226 

IAEA-CH-6 standards. Total nitrogen (TN), total sulfur (TS), δ15N and δ34S were measured 227 

using a MAT253 IRMS + EA IsoLink + Conflo IV at the University of St. Andrews. 228 

Calibrations were performed with USGS-40, USGS-41 and USGS-62 for nitrogen and with 229 

IAEA-S1, IAEA-S2 and NBS-127 for sulfur. Standard errors were less than 0.2‰ for δ15N 230 

and less than 0.5‰ for δ34S. Results are reported as standard delta notations relative to 231 

international standards: atmospheric N2 gas for nitrogen, Vienna PeeDee Belemnite (V-PDB) 232 

for carbon and Vienna-Canyon Diablo Troilite (V-CDT) for sulfur.  233 

4. Results 234 

Sediments in Core 25005 change from apatite poor diatomaceous mud in the lower part of the 235 

core to apatite-rich sands at the top of the core (Fig. 2.a-b). Fragile complete diatom frustules 236 

are abundant throughout the core, especially below 10 cm, where complete and/or fragmented 237 

frustules make up a significant portion of the sediment. In addition, intact calcareous ostracod 238 

and mollusc shells are present throughout the core. The terrigenous components of the 239 

sediment vary from mud to fine sand in size and are composed of quartz, plagioclase, K-240 

feldspar and glauconite. Terrigenous grains are typically angular or rounded to a low degree 241 

and can form fragile ~0.5 mm sized aggregates with organic matter (Fig. 2a-b).  242 

Apatite grains are 50-300 µm in size, elongated, subangular to subrounded throughout the 243 

core. The surfaces of the grains are irregular and pitted (Fig. 2c-f). Frequently, the grains are 244 

covered by thin non-phosphatic clay and/or organic films, giving the grains a mottled 245 

appearance under SEM imaging.  246 

4.1. Major and trace elements  247 

Major and trace elemental concentrations in the studied samples are given in Supplementary 248 

Table 1. Phosphorus concentrations in sediments increase from 1.1 wt.% at the top of the core 249 

to 1.6-1.9 wt.% in the interval from 5 to 9 cm. Further down the values drop to around 1 wt.% 250 

at 9-11 cm and below 0.5 wt.% from 11 to 25 cm (Fig. 3). The trend of P-concentrations in 251 

the sediment is broadly mirrored by sulfur with low concentrations of ca. 0.6 wt.% within the 252 

top 9 cm and an increase to >1 wt.% in the lower part of the core below 11 cm (Fig. 3). Al 253 

concentrations are stable throughout the core, with values ranging from 3.1 to 4.2 wt%. 254 
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The trace element compositional trends and enrichments reveal two distinct zones (Fig. 4a-d). 255 

The upper part of the core (0-10 cm) is characterized by low concentrations of Mo (on 256 

average 3.6 mg/kg), Ni (35.2 mg/kg), Cu (15.2 mg/kg), Re (0.023 mg/kg) and Mn (484.5 257 

mg/kg), but elevated concentrations of V (118.5 mg/kg), U (11 mg/kg), Th (13.7 mg/kg), Cr 258 

(282.2 mg/kg) and ∑REE (195.8 mg/kg). Sediments in the deeper part of the core below 10 259 

cm contain higher average Mo (8.1 mg/kg), Ni (44.4 mg/kg), Re (0.05 mg/kg) and Cu (28.2 260 

mg/kg) but are lower in V (70 mg/kg), U (5.8 mg/kg), Th (5.6 mg/kg), Cr (159.9 mg/kg), Mn 261 

(229.4 mg/kg) and ∑REE (83.4 mg/kg).  262 

EN values vary significantly (Fig. 4). In the upper part, the average MoEN, VEN, UEN, ReEN 263 

values are around 1, 35.2, 3.3 and 6.9, whereas the EN values for the lower part are 2.15, 264 

18.4, 1.5 and 13.2, respectively. 265 

4.2. Stable isotopes 266 

The TN, TS, TOC and stable isotope data are shown in Supplementary Table 2. Sediment 267 

δ13Corg values vary from -21.8 ‰ to -19.5‰ with the upper part of the core (0-9 cm) 268 

containing ca 1.5‰ lighter biomass than the lower part (Fig. 5a). TOC values are 269 

stratigraphically variable, with average values of 1.7 wt.% in the upper part and 3.8 wt.% in 270 

the lower part of the core (Fig. 5b). TOC and δ13Corg stratigraphic profiles are similar and 271 

values show good correlation with the more negative δ13Corg values corresponding to the 272 

lowest TOC values. The δ15N values vary from 5.3 to 8.1‰, with an average of 6.1‰ (Fig. 273 

5c). The TN values are rather stable from ca. 0.14 wt.‰ in the upper part, to 0.25 wt.‰ in the 274 

lower section (Table 2).  275 

CRS δ34S values increase progressively with depth from -22.1‰ at the sediment surface to 276 

3.3‰ at the bottom of the studied sediment core (Fig. 6a). A rapid transition from negative to 277 

positive values occurs at 8-10 cm. Both phosphate associated sulfate (PAS) and easily 278 

extractable sulfate (EES) δ34S values follow similar trends throughout the core and the 279 

δ34SPAS values are as much as 4 ‰ lower than the modern seawater sulfate (21‰; Paytan et 280 

al., 1998). The upper part of the core has sulfate δ34S values of approximately 19‰ and 18‰ 281 

for PAS and EES, respectively (Fig. 6b). EES isotope values drop below seawater sulfate 282 

values at around 10 cm. PAS remains lighter than seawater sulfate throughout the whole core, 283 

showing only 3.7‰ variability between highest and lowest measured values.  284 

5. Discussion  285 
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Uptake of redox-sensitive elements (RSE) by authigenic apatite is dependent on and 286 

reflective of the environmental conditions in which precipitation occurs. The Namibian Shelf 287 

is a dynamic depositional setting (Compton and Bergh, 2016), characterized by erosion and 288 

lateral transport of sediments by bottom currents (Inthorn et al., 2006). These sedimentary 289 

processes can cause redistribution of apatite and its concentration by winnowing and may 290 

complicate the reconstruction of apatite precipitation environments and corresponding 291 

elemental budgets. The studied Core 25005 from the highly productive inner shelf at the 292 

margin of the Lüderitz upwelling cell (Pichevin et al., 2004) contains abundant diatom 293 

frustules with a large portion of the frustules being intact and in pristine conditions, 294 

displaying intricate morphological features. Such high abundance of low density, 295 

mechanically weak diatom frustules (Miklasz and Denny, 2010) as well as the poorly 296 

rounded habit of terrigenous grains indicate that these sediments have escaped extensive 297 

reworking and winnowing. The morphology of apatite grains from Core 25005 is in stark 298 

contrast to reworked grains on the middle and outer shelf (see Fig. 4 in Mänd et al., 2018). 299 

Apatite grains in Core 25005 (Fig. 2c-f) are small, porous and less rounded compared with 300 

the pelletal apatite grains from deeper parts of the shelf (Mänd et al., 2018). The internal 301 

structure of apatite grains in Core 25005 further point towards their pristine condition, with 302 

the absence of pyrite inclusions as well as little or no concentric layering and no secondary 303 

apatite growth (Lumiste et al., 2019). The morphology of both the apatite and terrigenous 304 

grains coupled with abundant diatom frustules point towards an in-situ origin of the 305 

phosphatic sediments in Core 25005.  306 

5.1. Redox-sensitive elements 307 

Our results show a direct link between a shift towards less reducing redox conditions and 308 

increased accumulation of apatite inferred from redox-sensitive element ratios and isotope 309 

data. Some redox-sensitive elements (e.g. Mo, Ni, V, Re and U) behave (quasi-310 

)conservatively under oxic seawater conditions but become enriched in sediments 311 

accumulating under reducing conditions (Tribovillard et al., 2006). However, due to the 312 

crystal structure of apatite, a wide variety of chemical substitutions can replace Ca, PO4 313 

and/or F. Many of these substituting elements (i.e. REE, U, V; Pan and Fleet, 2002) are 314 

frequently used in redox reconstructions, which can complicate interpretations regarding 315 

redox conditions of phosphogenesis.  316 
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Algeo and Li (2020) and Bennett and Canfield (2020) have highlighted that Mo, U, Re as 317 

well as some other transition metals (e.g., V, Cu, Co, Ni) are the most useful RSE-s for redox 318 

analysis with well-differentiated thresholds for distinct redox conditions and depositional 319 

environments. In Core 25005, MoEN and ReEN show similar stratigraphic trends with values 320 

of ca. 1 and 7 in the upper phosphatic zone and a two-fold increase to values of ca 2 and 13 in 321 

the lower non-phosphatic zone, respectively (Fig. 4a, d). In contrast, vanadium and uranium 322 

are enriched in the upper phosphatic zone with VEN and UEN profiles exhibiting a good 323 

correspondence with the P profile (r = +0.94, p-value <0.01, n = 18; r = +0.97, p-value <0.01, 324 

n = 18 for VEN-P and UEN-P, respectively). VEN values vary between 27-40 in the phosphatic 325 

zone and decline sharply to ca. 20 in the non-phosphatic zone (Fig. 4b). UEN increases from 326 

ca. 2 at the sediment water interface to 4.5 in the lower part of the phosphatic zone and 327 

decreases to 1-1.5 in the non-phosphatic zone (Fig. 4c). 328 

Authigenic Mo enrichment is typically controlled by the presence of free sulfide. Under oxic 329 

conditions, dissolved Mo occurs as an inactive MoO4
2- ion, whereas particle reactive 330 

thiomolybdates (MoOxS4−x
2-) are the dominant species under suboxic to sulfidic (euxinic) 331 

conditions (Tribovillard et al., 2012). Mo is scavenged and precipitated in sulfide-rich 332 

environments with iron sulfides and/or as a Fe-Mo-S phase, (possibly in the form on 333 

FeMoS2(S2); Helz and Vorlicek, 2019), or on organic particles (Dahl et al., 2017). Similarly, 334 

Re is enriched via diffusion and fixation as a solid authigenic phase in anoxic sediments 335 

(Crusius et al., 1996; Morford et al., 2005). Overall, low enrichment values of Mo and Re in 336 

the phosphatic zone of the sediment column point to suboxic to oxic conditions during the 337 

deposition of the upper <10 cm thick sediment layer and anoxic (ReEN values of >10 µg kg-1 / 338 

%, MoEN values of 2-3 mg kg-1 / %), but not necessarily sulfidic, conditions during the 339 

formation of the TOC-rich, non-phosphatic zone of the core (Fig. 4). However, the Re 340 

enrichment (reaching 3-5 µg kg-1/%) in the phosphatic zone is by far higher than expected for 341 

a deposit formed in a typical oxic environment (ReEN < 1.3 µg kg-1 / %; Bennett and Canfield, 342 

2020). On the other hand, Re enrichment seems to be higher in sediments influenced by high 343 

productivity (Bennett and Canfield, 2020), which could explain the higher values in 344 

sediments on the Namibian Shelf, which are influenced by the most productive modern 345 

upwelling system (Carr, 2001). Mo concentrations correlate well with TOC abundances (Fig. 346 

7a; r = +0.92, p-value <0.01, n = 18) with lower Mo and TOC values in the phosphatic zone, 347 

signaling a shift towards less reducing conditions during the deposition of phosphatic 348 

sediments (Algeo and Lyons, 2006; Tribovillard et al., 2012). Alternatively, the apparent shift 349 
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to suboxic-oxic conditions can be caused by seawater diffusion into an open pore space, 350 

further enhanced by vertical mixing of surface sediments by bioturbation, allowing oxidants 351 

to penetrate deeper into the sediment. Mollenhauer et al. (2007) have estimated the thickness 352 

of disturbed sediment layer on the Namibian Shelf to be around 10 cm, coinciding with the 353 

observed change in Mo accumulation in Core 25005. However, intensive bioturbation seems 354 

unlikely in the studied area, which is characterized by low annually averaged bottom water 355 

dissolved oxygen (<20 µm/L, Brüchert et al., 2006) and transient anoxia. 356 

Concentrations of U and V normalized to Al in Core 25005 show, however, enrichment 357 

values trending in opposite direction to Mo and Re (r = -0.79, p-value <0.01, n = 18; r = -358 

0.59, p-value <0.01, n = 18 for VEN-MoEN and UEN-MoEN, respectively), from UEN values of 359 

~3 to <2 and VEN >30 to <20 mg kg-1 / % in the phosphatic and non-phosphatic zone, 360 

respectively. Vanadium enrichment in sediments proceeds via a two-step process - under 361 

suboxic conditions V5+ is reduced to V4+ (Wu et al., 2019), but under sulfidic conditions the 362 

tetravalent V is further reduced to highly insoluble V3+ (Wanty and Goldhaber, 1992). 363 

Similarly, authigenic enrichment of U occurs via reduction of soluble U(VI) to the insoluble 364 

U(IV) and uptake in reduced sediments (e.g., Barnes and Cochran, 1990). Hence, the 365 

markedly enriched U and V values in the upper part of Core 25005 would suggest, instead, 366 

anoxic depositional conditions (Algeo and Tribovillard, 2009; Tribovillard et al., 2012; 367 

Bennett and Canfield, 2020) during deposition of the uppermost 10 cm of the sedimentary 368 

column (Fig. 4b, c). However, Algeo and Li, (2020) and Liu and Algeo, (2020) advise against 369 

using universal threshold values for a given redox proxy. Ideally, each proxy should be 370 

calibrated for each individual paleodepositional system. In this particular case, the authigenic 371 

enrichments of U and V in the phosphatic zone are most likely not due to the changes in 372 

redox state of the depositional environment and immobilization-precipitation of the vanadium 373 

and uranium as reduced V(III) and U(IV) species but rather caused by the preferential uptake 374 

of the U and V in Ca-phosphate. Uranium is a common trace/minor element in apatite, 375 

occupying Ca2+ sites as U4+ in the apatite structure, whereas vanadium incorporation occurs 376 

by isomorphous substitution of tetrahedrally coordinated trivalent orthovanadate (VO4
3−) for 377 

the PO4
3− group in apatite the structure, forming a solid-solution (Pan and Fleet, 2002). 378 

Therefore, the U and V enrichments in the phosphatic zone do not reflect depositional 379 

conditions and can lead to erroneous conclusions when using U and V or any related proxies 380 

(e.g. V/(V+Ni) and V/Cr ratios; Hatch and Leventhal, 1992; Jones and Manning, 1994) as 381 



13 

 

 

tools for paleoenvironmental studies in phosphatic sediments (for a more detailed discussion 382 

see Algeo and Liu, 2020). 383 

Recently, Abshire et al. (2020) found that U and TOC are decoupled in sediments on the 384 

Namibian Shelf. Their results show higher than expected U concentrations at the suboxic 385 

shelf break. The authors propose that the majority of organic matter is transported via 386 

nepheloid layers from shallower regions of the shelf without significant contributions from 387 

sinking fresh organic matter from the overlying water column, resulting in anomalous U 388 

enrichment. However, similar “decoupling” of U and TOC is present between the phosphatic 389 

and non-phosphatic portion of Core 25005 (Fig. 7b). Abshire et al. (2020) do not provide 390 

phosphorus content or mineralogical data in their study but given the high U concentrations 391 

in Namibian sedimentary apatite (Lumiste et al., 2019) and the high degree of correlation 392 

between U and P in the bulk sediments (r = 0.98, p-value <0.01, n = 18 in Core 25005), we 393 

suggest a much simpler explanation. The decoupling of U and organic matter is likely caused 394 

by enhanced sequestering of U from pore-water into apatite in phosphatic sediments. Our 395 

results underline that in addition to organic matter (Algeo and Maynard, 2004), apatite may 396 

be a significant sink for U in organic-rich marine sediments where remineralization of 397 

phosphorus has resulted in phosphogenesis. 398 

Authigenic Mn enrichments can also be used to decipher redox conditions. However, the 399 

redox behavior of Mn is dissimilar to other RSE, as under oxic seawater conditions, 400 

manganese forms solid Mn-oxyhydroxides (Tribovillard et al., 2006). Upon reaching the 401 

redoxcline, reductive dissolution of Mn-oxyhydroxides particles releases Mn2+ into pore-402 

water, where it can either diffuse upwards back into the water column, or precipitate as an 403 

authigenic carbonate phase (Pedersen and Price, 1982). Due to high solubility under reducing 404 

conditions, anoxic-sulfidic sediments tend to be depleted in Mn (Tribovillard et al., 2006) and 405 

Mn/Al values significantly higher or lower than 0.01 are indicative of oxic or anoxic 406 

conditions, respectively (Osborne et al., 2017). In Core 25005 Mn/Al ratios drop from 0.01 – 407 

0.02 to around 0.006 at a depth of 9-11 cm (Fig. 8) indicative of transition to more reducing 408 

conditions down core. However, similar to V and U, Mn is a common substitute in apatite, 409 

replacing Ca in the crystal structure (Pan and Fleet, 2002). In Core 25005, P and Mn show a 410 

strong correlation (R2= 0.78), pointing towards enhanced sequestering of Mn by apatite. 411 

Although Mn/Al values are in agreement with Mo and Re enrichments regarding the redox 412 

history of the sediments, apatite seems to exert primary control on Mn concentrations in 413 

phosphatic sediments. Therefore, apatite abundance can influence Mn concentrations in the 414 
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sediment in a similar manner to U and V and using Mn-based redox proxies in phosphatic 415 

sediments can also lead to inaccurate conclusions 416 

Likewise, caution is advised for using total organic carbon-to-phosphorus (Corg/P) molar ratio 417 

for differentiating between oxic and anoxic conditions. Algeo and Ingall (2007) have shown 418 

an inverse correlation between Corg/P molar ratios and redox potential. Sedimentary Corg/P 419 

ratios can be used as a robust proxy for paleoredox assessment with thresholds of <50 for 420 

oxic, 50-100 for suboxic and >100 for anoxic facies. However, if remineralized P becomes 421 

concentrated and precipitated as Ca-phosphate, the molar ratio drops to values far less than 422 

10, as observed in Core 25005 (Fig. 9) indicating, in this case, strongly oxic conditions. This 423 

finding itself does not contradict the environmental interpretation based on Mo and Re 424 

enrichments discussed above, however, the accumulation of phosphorus is influenced, along 425 

with redox conditions, by solid phase phosphate nucleation, precipitation mechanisms and 426 

kinetics (Mänd et al., 2018). Hence, Corg/P molar ratios can lead to erroneous conclusions 427 

regarding the redox conditions of the system when studying phosphatic sediments. 428 

5.2. Sulfur isotope systematics 429 

Maximum phosphorus abundance in Core 25005 is found in a ca. 4-5 cm thick zone just 430 

above the boundary below which sulfur and TOC concentrations rapidly increase (Fig. 3). 431 

Elevated sulfur and TOC concentrations are accompanied by up to 3.2 wt% of pyrite, 432 

whereas the pyrite content in the phosphatic zone is <0.7 wt% (see Fig. 3 in Mänd et al., 433 

2019). Dale et al. (2009) have shown that sulfur cycling in BUS sediments is strongly 434 

influenced by effective microbial sulfide oxidation driven by LSB. As a consequence, only a 435 

small fraction of the total H2S produced in sediments is precipitated as pyrite and/or trapped 436 

as organic sulfur, with a very low overall sulfur burial efficiency (less than 1%). This implies 437 

a strong microbial control on sulfur cycling in phosphogenic sediments that involves both 438 

oxidative and reductive sulfur metabolisms. Commonly the sulfide in diagenetic pyrite in 439 

marine sediments is derived from either microbial sulfate-driven anaerobic oxidation of 440 

methane or organoclastic sulfate reduction (Lin et al., 2016). As microbially mediated 441 

reduction of sulfate to sulfide favors 32S, the resulting sulfide obtains negative δ34S values, 442 

leaving the residual SO4
2- enriched in the heavier 34S isotope. This fractionation may be as 443 

large as 70‰ between the two sulfur species (Canfield et al., 2010; Sim et al., 2011). Since 444 

there is only negligible isotopic fractionation (~1‰) during pyrite precipitation utilizing 445 
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microbially produced sulfide (Price and Shieh, 1979), sedimentary pyrite δ34S values reflect 446 

the pore-water sulfide isotope ratios during their formation.  447 

Porewater sulfide δ34S values in modern (non-euxinic) marine sediments where a steady-state 448 

between sulfate diffusion and its microbial reduction has been achieved typically follow a 449 

gradual, nearly linear trend downcore, from negative values of around -45 to -40‰ just below 450 

the SWI to near seawater sulfate values of 21‰ at the depth of complete sulfate depletion 451 

(e.g., Lin et al., 2016; Peketi et al., 2012; Pellerin et al., 2018). The shift towards more 452 

positive δ34S ratios of pyrite is caused by microbial sulfate reduction rates exceeding the 453 

replenishment rates of sulfate from the overlying water column (Jorgensen, 1979) and/or 454 

increased efficacy of pyrite precipitation in the presence of highly reactive iron. Either way, 455 

pyrite δ34S values would become progressively enriched in 34S, reaching modern seawater 456 

sulfate values at the sulfate methane transition zone (Peketi et al., 2012). The concave, kink-457 

shaped trend of the pyrite δ34S values from -22‰ at the SWI to 3‰ at the bottom of Core 458 

25005 (Fig. 6a) indicates a change from open system conditions in the phosphatic zone to 459 

more closed system sulfate reduction conditions in the non-phosphatic zone 460 

Residual sulfate in the sediment column should become enriched in the heavier 34S isotope 461 

with increasing depth, due to distillation of the sulfate pool by microbial sulfate reduction. 462 

However, phosphate-associate sulfate (PAS) δ34S values in Core 25005 do not show any 463 

significant stratigraphic trend (Fig. 6b) with δ34SPAS values varying between 17 and 21‰, 464 

slightly lower than the contemporary seawater sulfate value of 21‰. Sulfate is a common 465 

structural substituent in sedimentary apatite, with concentrations as high as 2.7 ± 0.3% 466 

(McArthur, 1985). Phosphate associated sulfate has been used to assess the influence of 467 

microbial processes on phosphogenesis (Arning et al., 2009a; Benmore et al., 1983; 468 

Berndmeyer et al., 2012; Theiling and Coleman, 2019) as well as for reconstructing the 469 

marine sulfate δ34S budget through Earth’s history (e.g., Goldberg et al., 2005; Shields et al., 470 

2004).  471 

The lighter than seawater values in apatite bound sulfate can be interpreted to be indicative of 472 

bacterial sulfide oxidization (Arning et al., 2009a). Our results are in line with Arning et al. 473 

(2009a) suggesting that the phosphate-associated sulfate in sedimentary apatite forming in 474 

phosphogenetic systems is a mixture of two endmembers: marine sulfate and pore-water 475 

sulfate resulting from oxidation of isotopically light sulfide. As far as in the uppermost 4 cm 476 

the PAS δ34S values are ca. 2-4‰ lower than seawater sulfate δ34S (typically around 1‰ for 477 
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the rest of the core), simple mixing between two endmembers, (i.e. seawater sulfate and 478 

sedimentary sulfide) suggests that in order to explain the PAS δ34S values (Fig. 10), a 479 

maximum of 8.8% of sulfate taken up by apatite was derived from reoxidized sulfide. 480 

Another possible source for the less positive PAS values is contamination by easily 481 

extractable sulfate (EES) during the sulfur extraction procedure (Berndmeyer et al., 2012). 482 

However, the EES δ34S values from the same interval are not significantly lower and these 483 

two different sulfur species do not show strong correlations (r = 0.49, p-value = 0.046, n = 484 

17). An important implication of the nearly marine sulfate values of PAS is that primary 485 

nucleation and precipitations of the phosphate occurs in the topmost portion of the sediment 486 

column in a relatively open system with a good diffusive connection to the overlying water 487 

column, before microbial consumption has modified the isotopic composition of the pore-488 

water sulfate pool. Still, lower than seawater PAS δ34S values can only be explained by 489 

contribution from sulfide oxidation, consistent with LSB mediated phosphogenesis. 490 

 491 

5.3. Carbon and nitrogen isotopes  492 

The δ13Corg values of Core 25005 (Fig. 5a) show that marine organic matter was the dominant 493 

source of organic carbon in the sediment, consistent with the absence of large riverine input, 494 

low eolian delivery relative to marine bioproduction and low Corg/N ratios measured from the 495 

Namibian Shelf (Meisel et al., 2011b, 2011a). The δ13Corg values are rather stable at 496 

approximately -19.5 to -20‰ in the lower non-phosphatic zone but decrease to -21 ‰ in the 497 

phosphatic zone, with TOC abundances and δ13Corg values showing a clear positive 498 

correlation (r = 0.96, p-value <0.01, n = 18; Fig. 5a, b, 11). Meisel et al. (2011) have noted 499 

that in organic rich muds on the Namibian Shelf  δ13Corg values usually vary between -18 and 500 

-20‰ but can occasionally be lower than -21‰. On one hand, the relatively high δ13Corg 501 

values (compared to a global average of ca. -25‰ for marine biomass) can be related to sea 502 

surface temperatures reaching higher than 25 °C, regulating CO2 dissolution in the water 503 

column and, thus, driving the δ13CCO2 to higher values; on the other hand, δ13Corg values of 504 

the diatomaceous muds on the Namibian Shelf can also become 13C enriched at lower surface 505 

ocean temperatures of around 16 °C due to high primary production and high relative 506 

consumption (Meisel et al., 2011). In our case, the good correlation between TOC and δ13Corg 507 

values points toward high primary production (and higher TOC accumulation) in the lower 508 

part of the studied profile and declining productivity towards the SWI. This interpretation 509 
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would agree with the observed trends in sediments deposited on the Namibian Shelf during 510 

the last 100 years, suggesting rising SW temperatures, lowering 13C values and comparably 511 

lower primary production rates (Meisel et al., 2011). In these sediments, the negative δ13Corg
 512 

shift was accompanied by an increase in δ15N values, exceeding 8.5‰, suggesting higher 513 

denitrification rates (and a nitrate deficit; e.g. Tyrrell and Lucas, 2002). 514 

Interestingly, Meisel et al. (2011) also suggested an opposite trend in sediment profiles across 515 

the Namibian Shelf, stratigraphically spanning from the middle Holocene to Recent. Namely, 516 

that the negative δ13Corg trends down to values as low as -22‰ between 1250 and 1000 yr BP 517 

(before present) mark a period of boosted productivity, suggesting surplus input of 518 

isotopically light CO2, probably derived from high-rates of biomass remineralisation leading 519 

to “nutrient trapping” (sensu Meisel et al., 2011). In this case, the trend to more negative 520 

δ13Corg values is accompanied by a simultaneous change towards slightly more negative δ15N 521 

values that may indicate higher primary production rates. A similar trend of declining δ13Corg 522 

and δ15N values is evident in Core 25005 (Fig. 5a, c) where bulk sediment δ15N values rise 523 

gradually through the core from 5.8‰ at 24-25 cm depth to a maximum of 8.1‰ at 10-11 cm 524 

and show a quick drop to values between 5.3 and 6.2‰ in the upper part of the profile.  525 

Variations in sedimentary δ15N ratios typically reflect changes in the extent of nitrate 526 

consumption in the surface water (Altabet and Francois, 1994). As the δ15N values of average 527 

oceanic water is estimated to be around 5‰ (Brandes and Devol, 2002; Sigman et al., 2000), 528 

similar δ15N values of bulk sediments in the upper, phosphatic, part of the core suggest an 529 

overall balance between the supply and consumption of nitrate. The sharp increase in δ15N 530 

towards more positive values reaching >8‰ at the lower boundary of the phosphatic zone, 531 

which also corresponds to the positive shift in redox-sensitive trace element enrichments, 532 

could be interpreted as evidence for the development of anoxic conditions and increased 533 

water column denitrification rates.  534 

Indeed, water column redox conditions are highly dynamic on the Namibian Shelf and iron 535 

limitation and rapid oxidation of organic carbon promotes episodic water column euxinia 536 

(Brüchert et al., 2006, 2003; Dale et al., 2009). Under water column anoxia, nitrate is used as 537 

an electron acceptor instead of free O2 for microbial metabolism, leading to 15N enriched 538 

nitrate pool (Holmes et al., 1996), and it has been shown that on the Namibian Shelf, episodic 539 

sulfidic conditions cause 15N enrichment in the sedimentary δ15N signature (e.g. Brüchert et 540 

al., 2006; Lavik et al., 2009). The positive shift in bulk sediment δ15N values in the middle of 541 
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Core 25005 profile may, therefore, denote the establishment of transient water column 542 

euxinia.  543 

The heaviest δ15N values occur in the same interval where sedimentary phosphate levels start 544 

to increase, indicating a temporal relationship between the establishment of the anoxic water 545 

column conditions and the onset of phosphogenesis. The Namibian Shelf sediments are a host 546 

to abundant LSB (Thiomargarita and other large polyphosphate-metabolizing 547 

microorganisms; Schulz et al., 1999; Zoss et al., 2018). LSB mainly inhabit suboxic parts of 548 

the sediment column, near the SWI, where they oxidize reduced sulfur species to gain 549 

metabolic energy. Under oxic conditions LSB are capable of storing nitrate and phosphorus 550 

intracellularly, which are then hydrolyzed for energy under anoxic conditions (Schulz and 551 

Schulz, 2005). This peculiar metabolic pathway allows sulfur-oxidizing bacteria to survive 552 

episodic fluctuations towards more reducing redox conditions (Brock and Schulz-Vogt, 553 

2011). Due to this mechanism, LSB can act as “phosphate pumps”, building up the dissolved 554 

phosphate level to intermittent supersaturation in pore-water with respect to Ca-phosphate, 555 

leading to stable apatite precipitation (Arning et al., 2009b; Goldhammer et al., 2011; Schulz 556 

and Schulz, 2005).  557 

The shift in sedimentary δ13Corg values from <-20‰ in the non-phosphatic zone to around -558 

21‰ in the upper part of the core could also be interpreted as a result of the bacterial pump. 559 

Although the effects of LSB on the carbon isotope cycle is scarcely documented, Zhang et al., 560 

(2005) reported δ13Corg values of approximately -29 ‰ for the biomass of sulfur-oxidizing 561 

Beggiatoa. The 1.5‰ lighter δ13Corg values in the phosphatic portion of the core could, 562 

therefore, be the result of an increased input of isotopically lighter LSB biomass.  563 

5.4. Implications for phosphogenesis 564 

Our data show that phosphate accumulation in sediments on the Namibian Shelf is tightly 565 

related to redox conditions of the sediments as inferred from the distribution of redox 566 

sensitive Mo and Re and stable isotope signatures. Similar relationships with a transition 567 

from sulfidic organic-rich sediments to overlying suboxic apatite rich sediments reported in 568 

this study have been described in other Cenozoic phosphorites at upwelling margins near 569 

Peru (Arning et al., 2009b), Baja California (Föllmi et al., 2019) and Monterey (Föllmi et al., 570 

2005; John et al., 2002) as well as in geologically older deposits (Glenn and Arthur, 1988), 571 

suggesting an analogous environmental setting and formation mechanism. The prevalent 572 

interpretation regarding the formation of the phosphatic component of these sediments is 573 
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believed to progress by (a) formation of phosphatic pore fillings during early diagenesis near 574 

the SWI (sediment depth of <5 cm; Schulz and Schulz, 2005), (b) formation of phosphatic 575 

laminae by repeated episodes of non-deposition that (c) act as a sedimentary “seal”, aiding 576 

the preservation of organic matter below, (d) leading to sulfidic conditions in the sediment 577 

(Arning et al., 2009b; Föllmi et al., 2005; John et al., 2002). However, different from the 578 

model above, the apatite grains in Core 25005 do not form uniform laminae that could 579 

significantly inhibit the exchange between bottom waters and pore-water. Also, the nearly 580 

marine PAS δ34S and negative pyrite δ34S values imply that pore-water was not cut off from 581 

the overlying water column during the formation of apatite. We suggest that, rather than 582 

apatite acting as a seal and causing sulfidic conditions in the pore system, redox fluctuations 583 

in the water column from sulfidic to suboxic, brought on by changes in the upwelling and 584 

delivery rates of organic matter are controlling the precipitation of apatite. Further, it is 585 

peculiar that the 15N-enriched peak in bulk sediment nitrogen isotope values, interpreted as 586 

reflecting the establishment of episodic sulfidic water column conditions and pulses of LSB-587 

stored phosphate release, does not correspond with the peak in phosphorus abundance, but 588 

rather marks the initiation of phosphate precipitation. Thus, the episodic sulfidic conditions 589 

may serve as drivers of phosphate accumulation in pore-waters, but the precipitation of solid 590 

phosphate phases is a more complex process. 591 

This complexity may be the result of different, but overlapping processes driving phosphate 592 

precipitation. Besides the bacterial P-pump, concentration of P via organic matter degradation 593 

and the Fe-Mn oxyhydroxide “redox pump” were and still are considered as the most 594 

important processes capable of modifying interstitial phosphate concentrations through the 595 

release of particle-bound phosphate (Jarvis et al., 1994; Küster-Heins et al., 2010; Noffke et 596 

al., 2012; Pufahl and Grimm, 2003). Reductive dissolution of Fe-Mn oxyhydroxides occurs 597 

under suboxic conditions (Tribovillard et al., 2006), similar to the bacterial P-pump. 598 

Fluctuating redoxclines would increase the effectiveness of this mechanism through 599 

accumulation of Fe-Mn oxyhydroxide during oxygenated periods near the SWI and rapid 600 

dissolution when the anoxic redoxcline is shifted upwards. Dissolved pore-water Fe2+ 601 

concentration peaks have been described at similar sediment depth to peak LSB 602 

concentrations in the Namibian shelf sediments (2-4 cm, Küster-Heins et al., 2010). Both 603 

processes occur in relatively similar conditions near the SWI, making it difficult to 604 

distinguish the relative roles of these two mechanisms for interstitial phosphate 605 

concentrations. However, seawater-like REE+Y patterns of the apatite grains (Lumiste et al., 606 
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2019) are dissimilar to REE+Y patterns of pore-water influenced by dissolved Fe-Mn 607 

oxyhydroxides (e.g. Deng et al., 2017; Haley et al., 2004). This mismatch does not 608 

necessarily disprove the involvement of Fe-Mn oxyhydroxide in phosphogenesis but 609 

indicates that primary nucleation likely occurs before the dissolution of Fe-Mn particles. 610 

Moreover, water column redox conditions are highly dynamic on the Namibian Shelf (e.g. 611 

Brüchert et al., 2006), resulting in an inhibited Fe-Mn oxyhydroxide cycle during periods of 612 

poorly oxygenated water conditions. Borchers et al. (2005) found that the sediments of the 613 

diatomaceous ooze belt – the main locus of modern phosphogenesis – are strongly depleted in 614 

Mn and somewhat depleted in Fe, indicating a relatively insignificant role of the Fe-Mn 615 

particle shuttle in the sediments.  616 

Pore-water phosphate in modern shelf sediments influenced by upwelling can reach 617 

concentrations as high as 300 µM (e.g. Holmkvist et al., 2010; Jahnke et al., 1983; Schulz 618 

and Schulz, 2005), several orders of a magnitude higher than in average oceanic seawater 619 

(Conkright et al., 2000). Nevertheless, Holmkvist et al. (2010) has shown that pore-water 620 

which is supersaturated with respect to apatite in the presence of the high LSB activity does 621 

not necessitate the precipitation of apatite, and even if both prerequisites (i.e. supersaturation 622 

and presence of the suitable nucleation templates) for phosphogenesis are fulfilled, the 623 

precipitation may not occur, and phosphate can diffuse to the overlying water column. It is 624 

evident that in addition to pore-water supersaturation with respect to apatite, for precipitation 625 

to occur, the nucleation energy barrier must be surpassed. Sedimentary apatite is thought to 626 

precipitate via transformation from fluoride-poor metastable amorphous precursor phases 627 

(Gunnars et al., 2004; Krajewski, 1994). This type of precipitation is relatively fast-paced, 628 

resulting in a short supersaturation-nucleation-depletion cycle in the topmost cm of the 629 

sediment column (Krajewski, 1994). These precursor phases (Cappellen and Berner, 1991; 630 

Gunnars et al., 2004; Krajewski, 1994) – as well as microbial organic matrix (Mänd et al., 631 

2018) – can act as a nucleation template for apatite precipitation. Moreover, experimental 632 

studies have shown that apatite precursors can nucleate homogeneously (Ross et al., 2017); in 633 

addition to the utilization of highly variable nucleation surfaces (Krajewski, 1994), as well as 634 

high density of growth sites in modern sedimentary apatites (Mänd et al., 2018), these 635 

findings indicate that phosphogenesis is not strongly dependant on specific nucleation 636 

conditions. On the other hand, close association between organic polymeric macromolecules 637 

and apatite in Namibian phosphatic sediments point towards organic matter controlling the 638 

primary nucleation (Mänd et al., 2018).  639 
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Rather than any particular water column or sediment redox state, phosphogenesis may instead 640 

be tied to redox variability. Modern sedimentary phosphorites are found in the periphery of 641 

organic-rich muds (Burnett et al., 1983), overlain by oxygen-depleted water masses (Brock 642 

and Schulz-Vogt, 2011). A distinct feature of upwelling zones, especially in the case of the 643 

margins of organic-rich muds, is spatially heterogeneous redox conditions or “poikiloxia” 644 

(Algeo and Rowe, 2012). Redox conditions at the SWI on the shelf are variable both on long 645 

(>100 yr; Algeo and Li, 2020; Hoetzel et al., 2017) and short timescales (monthly/daily; 646 

Bailey and Chapman, 1991; Brüchert et al., 2003, 2006). These short fluctuations in redox 647 

conditions at the SWI can facilitate bacterial P-pumping (sensu Brock and Schulz-Vogt, 648 

2011). During low-oxygen bottom water conditions, the redoxcline is shifted above or near 649 

the SWI, initiating polyphosphate hydrolysis in LSB and causing phosphate saturation of the 650 

pore-water with respect to amorphous precursor phases, which are then rapidly precipitated 651 

and subsequently converted to more stable apatite (Jahnke, 1984). The co-occurrence of 652 

diagenetic pyrite in phosphate-rich sediments provides evidence for temporary reducing 653 

conditions (Fig. 3; Mänd et al., 2018), whereas redox proxies indicate dominantly suboxic 654 

conditions during the formation of apatite (Fig. 4a-d). 655 

Additionally, redox fluctuations affect the interstitial alkalinity through organic matter 656 

degradation (Glenn and Arthur, 1988). There is a continuous increase in alkalinity in shallow 657 

sediments influenced by upwelling (Noffke et al., 2012). A high flux of organic carbon from 658 

the water column leads to higher rates of sulfate reduction, which in turn, leads to increased 659 

alkalinity (Berner et al., 1970). Apatite precipitation, however, is inhibited in the presence of 660 

high alkalinity (Briggs and Wilby, 1996; Föllmi, 1996; Glenn and Arthur, 1988). This 661 

suggests that a combination of suitable biohabitats for polyphosphate-metabolizing bacteria 662 

with fluctuating water column redox (Brock and Schulz-Vogt, 2011; Schulz et al., 1999) and 663 

suitable alkalinity levels (Glenn and Arthur, 1988) limit phosphogenesis to the upper few cm 664 

of the sediment. The patchy spatial distribution of phosphorites (e.g. Baturin, 2000; Compton 665 

and Bergh, 2016; Mänd et al., 2018) is likely the result of these same factors. On the other 666 

hand, sulfide oxidation results in less alkaline conditions. Sulfide diffusing upwards from 667 

below the redoxcline and its subsequent oxidation at the suboxic-oxic transition would lead to 668 

lower pH near the SWI, inhibiting the formation of carbonates but promoting the 669 

precipitation of phosphate (Föllmi, 1996; Theiling and Coleman, 2019). 670 

 671 
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Conclusions  672 

Our study presents high-resolution redox and stable isotope data from a 25 cm long core 673 

containing Recent Namibian in-situ phosphatic sediments. The lower part of the core is made 674 

up of organic and pyrite-rich non-phosphatic sediments, whereas the upper part is low in 675 

TOC and pyrite but contains a significant amount of apatite (up to 1.9 wt.% of P). The 676 

transition to phosphatic sediments coincides with changes in redox conditions and sulfur 677 

stable isotope systematics. The non-phosphatic portion of the core is enriched in Mo, Re and 678 

TOC. These sediments were likely deposited under sulfidic conditions during episodes of 679 

extensive upwelling and high organic matter flux. Phosphatic sediments show low levels of 680 

Mo and Re enrichment, but authigenic enrichment in V and U that is likely caused by 681 

enhanced sequestering of these elements by apatite. Therefore, the use of V and U 682 

enrichment, as well as other related proxies (e.g., V/(V+Ni) and V/Cr ratios) in apatite-rich 683 

sediments can lead to erroneous conclusions regarding redox conditions.  684 

Changes in redox conditions parallel CRS δ34S values showing a kink-shaped trend of pyrite 685 

δ34S values, from 34S depleted values at the SWI to slightly positive δ34S values at the bottom 686 

of the core. This trend suggests a change from relatively closed system sulfate reduction 687 

conditions in the lower part of the core to a more open system conditions in the upper part. 688 

Phosphate associated sulfate (PAS) δ34S values are consistently lower than seawater sulfate, 689 

and a mixing model suggest that up to 8.8% of apatite-bound sulfate is derived from 690 

reoxidized sulfide, implying the involvement of LSB in phosphogenesis.  691 

The variation in organic carbon δ13C and bulk sediment δ15N values suggest changing 692 

primary production rates, establishment of sulfidic conditions and increased water column 693 

denitrification rates during the initiation of the phosphogenesis, which is in line with the shift 694 

in Re and Mo enrichments. This association implies that the initiation of the bacterial P-pump 695 

coincided with the maximum degree of anoxia. As redox conditions became less reducing, 696 

phosphate precipitated as a result of the bacterial P-pump, which relies on the availability of 697 

nitrate (or oxygen) from the overlying water column and a large sulfide pool in the organic 698 

rich sediments directly below. 699 
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Figures  1103 

Figure 1. Geological map of the Namibian Shelf showing the coring site. Modified after 1104 

Brüchert et al. (2006). 1105 

Figure 2. Scanning electron microscope images of: (a-b) bulk sediments, (c-d) apatite grains 1106 

with non-phosphatic film coatings and (e-f) apatite grain morphology showing irregular and 1107 

pitted surfaces- Figures a-d are backscattered electron images, e-f are secondary electron 1108 

images. Ap. – apatite grains, Dia. –diatom frustules.   1109 

Figure 3. Phosphorus and sulfur content in Core 25005 (wt.%). Data for P and S from Mänd 1110 

et al. (2018).   1111 

Figure 4. Depth profile of redox-sensitive element concentrations and proxy values: (a) 1112 

Mo/Al (b) V/Al, (c) U/Al ratios, (d) Re/Al ratios. Dashed lines mark the transition from 1113 

phosphatic to non-phosphatic sediments.  1114 

Figure 5. Depth profiles of (a) δ13Corg (b) total organic carbon, (c) δ15N.  1115 
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Figure 6. δ34S composition of different sulfur phases: (a) chromium reducible sulfur, (b) 1116 

phosphate associated sulfate (PAS) and easily extractable sulfate (EES). Modern seawater 1117 

sulfate value from Paytan et al. (1998).  1118 

Figure 7. Total organic carbon and trace metal covariation: (a) molybdenum – TOC 1119 

covariation plot. Modified after Algeo and Tribovillard (2009), (b) uranium – TOC 1120 

covariation. 1121 

Figure 8. Depth profile of Mn/Al. Dashed lines mark the transition from phosphatic to non-1122 

phosphatic sediments.  1123 

Figure 9. Corg/P ratios of Core 25005. Dashed lines mark the transition from phosphatic to 1124 

non-phosphatic sediments. 1125 

Figure 10. Mixing model of PAS δ34S values. Mixing line endmembers used were the 1126 

lightest CRS value measured from the samples (-22.14‰) and modern seawater sulfate value 1127 

(21‰; Paytan et al., 1998). 1128 

Figure 11. Correlation between TOC (%) and δ13Corg (‰). 1129 
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