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A B S T R A C T   

The Svalbard shelf and Atlantic Arctic Ocean are a transition zone between northward flowing Atlantic Water 
and ice-covered waters of the Arctic. Effects of regional ocean warming, sea ice loss and greater influence of 
Atlantic Water or “Atlantification” on the state of ocean acidification, i.e. calcium carbonate (CaCO3) saturation 
(Ω) are yet to be fully understood. Anomalies in surface layer Ω for the climatically-vulnerable CaCO3 mineral 
aragonite (ΔΩ) were determined by considering the variability in Ωaragonite during late summer each year from 
2014 to 2017 relative to the four-year average. Greatest sea ice extent and more Arctic-like conditions in 2014 
resulted in ΔΩ anomalies of − 0.05 to − 0.01 (up to 45% of total ΔΩ) as a result of lower primary production. 
Conversely, greater Atlantic Water influence in 2015 supplied the ice-free surface layer with nitrate, which 
prolonged primary production to drive ΔΩ anomalies of 0.01 to 0.06 (up to 45% of total ΔΩ) in more Atlantic- 
like conditions. Additionally, dissolution of CaCO3 increased carbonate ion concentrations giving ΔΩ anomalies 
up to 0.06 (up to 52% of total ΔΩ). These processes enhanced surface water Ω, which ranged between 2.01 and 
2.65 across the region. Recent sea ice retreat in 2016 and 2017 (rate of decrease in ice cover of ~4% in 30 days) 
created transitional Atlantic-Arctic conditions, where surface water Ω varied between 1.87 and 2.29 driven by 
ΔΩ anomalies of − 0.10 to 0.01 due to meltwater inputs and influence of Arctic waters. Anomalies as low as 
− 0.12 from reduced CaCO3 dissolution in 2016 further supressed Ω. Wind-driven mixing in 2017 entrained 
Atlantic Water with low Ω into the surface layer to drive large ΔΩ anomalies of − 0.15 (up to 58% of ΔΩ). Sea-ice 
meltwater provided a minor source of carbonate ions, slightly counteracting dilution effects. Ice-free surface 
waters were substantial sinks for atmospheric CO2, where uptake of 20.5 mmol m− 2 day− 1 lowered surface water 
Ω. “Atlantification” could exacerbate or alleviate acidification of the Arctic Ocean, being highly dependent on the 
numerous factors examined here that are intricately linked to the sea ice-ocean system variability.   

1. Introduction 

The Arctic Ocean and adjoining seas are particularly sensitive to 
increases in atmospheric carbon dioxide (CO2) and are likely to be the 
first areas to experience widespread ocean acidification. Ocean acidifi
cation is caused by the lowering of carbonate ion concentrations, 
[CO3

2− ], and a decrease in calcium carbonate mineral saturation (Ω) 
(Orr et al., 2005; Fabry et al., 2009; Doney et al., 2009). This sensitivity 
is due to the low temperatures and naturally low [CO3

2− ] in Arctic 
waters that result from increased freshwater inputs from melting sea ice, 

glacial meltwater, precipitation and river runoff (e.g., Chierici and 
Fransson, 2009; Yamamoto-Kawai et al., 2011; Fransson et al., 2013, 
2015). Freshwater sources are low in total alkalinity (AT), the natural 
buffer against acidity, and have a dilution effect that reduces [CO3

2− ] 
and thus lowers Ω when mixed with seawater. Melting sea ice exposes 
previously ice-covered surface waters to the atmosphere and enhances 
air-sea CO2 uptake, which further decreases Ω (e.g., Bates et al., 2006; 
Fransson et al., 2013). Remineralisation of pelagic and terrestrial 
organic matter and advection of anthropogenic CO2-rich Atlantic Water 
further suppress Ω in subsurface waters of the Arctic Ocean (Anderson 
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et al., 2009; Ericson et al., 2014; Anderson & Macdonald, 2015; Ulfsbo 
et al., 2018). These processes enhance the vulnerability of the surface 
layer to acidification in shelf seas and seasonally ice-covered regions (e. 
g. Chierici and Fransson, 2009; Yamamoto-Kawai et al., 2009; Zhang 
et al., 2020). The freshwater-induced suppression of Ω occurs at a 
potentially faster rate than reductions in [CO3

2− ] that result from the 
uptake of anthropogenic CO2 by the surface ocean, e.g. surface waters in 
the Canadian Arctic Archipelago already became undersaturated in 
2005 (Chierici and Fransson, 2009) and surface waters in the Canada 
Basin reached aragonite undersaturation by 2008 with decreases in Ω of 
up to 0.09 year− 1 attributed to melting sea ice and air-sea CO2 uptake 
(Yamamoto-Kawai et al., 2009; Zhang et al., 2020). Wind-induced ver
tical mixing with subsurface high CO2 waters in summer and autumn 
decreases [CO3

2− ] and suppresses Ω in the surface layer (Chierici et al., 
2011; Fransson et al., 2017). 

The lowering of Ω for calcium carbonate (CaCO3) bio-minerals 
calcite (Ωcalcite) and aragonite (Ωaragonite) has important consequences 
for marine organisms (Feely et al., 2004; Orr et al., 2005). The Ω (Eqn. 
(1)) is determined from concentrations of calcium, [Ca2+], and car
bonate, [CO3

2− ], in ambient seawater and KSP, which defines the solu
bility of CaCO3 as a function of the temperature, salinity and pressure of 
the ambient seawater (Zeebe and Wolf-Gladrow, 2001). 

Ω =
( [

CO2−
3

]
+
[
Ca2+] )/Ksp (1) 

In addition to biotic minerals aragonite and calcite, another impor
tant CaCO3 mineral in seasonally ice-covered environments is the 
abiotic CaCO3 mineral ikaite (CaCO3⋅6H2O) that is very unstable and 
found in forming sea ice under specific thermo-haline conditions (Die
ckmann et al., 2010 and references therein). Sea ice is known to contain 
a dynamic pool of dissolved inorganic carbon (CT) and AT and during sea 
ice formation, ikaite precipitates within brines and may become trapped 
within the ice matrix. During melting of the sea ice, ikaite is released in 
the meltwater and dissolves to provide a source of AT and increasing 
[CO3

2− ] to exert a geochemical control on Ω in surface waters influ
enced by seasonal ice melt (Rysgaard et al., 2007, 2012; Fransson et al., 
2013, 2017). When Ω becomes less than 1, seawater is undersaturated 
with respect to CaCO3 and conditions become energetically costly for 
CaCO3 formation and potentially corrosive to marine calcifiers (Feely 
et al., 2004; Doney et al., 2009). Aragonite is the less stable form of 
CaCO3 compared with calcite due to its comparatively higher solubility 
(Mucci, 1983) and is the most vulnerable to ocean acidification. A key 
zooplankton species in Arctic food webs is the pteropod Limacina helicina 
that constructs aragonitic shells, which are known to be sensitive to 
ocean acidification (Comeau et al., 2009; Bednaršek et al., 2012; Lischka 
and Riebesell, 2012). For Ω below 1.4, critical threshold conditions are 
reached whereby L. helicina shell calcification can be significantly 
reduced and survival of the species is threatened (Bednaršek et al., 2012, 
2019). 

The Arctic Ocean and high latitude seas are experiencing rapid 
change due to atmospheric and oceanic warming, sea ice losses and 
increases in freshwater inputs, and increased influences of warm 
Atlantic waters (Wassmann and Reigstad, 2011; Onarheim et al., 2014; 
Polyakov et al., 2017). The Svalbard archipelago is one of the fastest 
warming and with rapidly retreating sea ice on a global scale 
(Asbjørnsen et al., 2020). Svalbard is located in the Atlantic Arctic where 
the Arctic Ocean is connected to the North Atlantic Ocean through deep 
Fram Strait and the shallow Barents Sea. Northward flowing Atlantic 
Water and the southward passage of Arctic waters are exchanged and 
mixed within these gateways (Spall, 2013; Rudels et al., 2015). Since the 
late 1990s, the Atlantic Water inflow to the Arctic has warmed (Beszc
zynska-Moller et al., 2012) and resulted in a shift to a more Atlantic-like 
marine environment (Polyakov et al., 2017), referred to as “Atlantifi
cation” (Årthun et al., 2012; Assmy et al., 2017; Lind et al., 2018). 

Warming and increased extent of Atlantic derived waters in the 
Arctic Ocean (i.e., “Atlantification”) is consistent with higher Atlantic 

Water temperatures further upstream and increased inflow of Atlantic 
Water (González-Pola et al., 2018; Tsubouchi et al., 2020). This has led 
to a loss in sea ice along the western and northern shelves of Svalbard 
(Polyakov et al., 2017; Onarheim et al., 2014; Carmack et al., 2015) and 
contributed to the degradation of numerous marine-terminating glaciers 
along the western coast of Svalbard (e.g. Ewertowski, 2014). This has 
implications for primary production and biogeochemical cycling 
through supply of nutrients and dissolved carbonate minerals that in
crease the buffer capacity, limiting acidification in the fjord waters 
(Fransson et al., 2015, 2016; Ericson et al., 2019a; 2019b; Hopwood 
et al., 2020). Highly productive blooms are annual features in the 
marginal ice zone (MIZ) and are strongly regulated by ice-ocean in
teractions and surface stratification (Sakshaug, 2004; Carmack et al., 
2006; Wassmann et al., 2006; Assmy et al., 2017). The spring and 
summer blooms lead to intense cycling of nutrients and inorganic carbon 
and constitute strong sinks for atmospheric CO2 over the Arctic shelves 
(Chen and Borges, 2009; Chierici et al., 2011, 2019; Henley et al., 2020). 
The timing of ice algal and phytoplankton blooms is important for pri
mary production and the regional marine food webs (Søreide et al., 
2010; Leu et al., 2011). 

“Atlantification” and the northward advance of Atlantic Water de
livers increased heat, nutrients, AT and CT to subsurface waters around 
Svalbard and the Atlantic-Arctic Ocean. These changes have been linked 
to increases in primary production (Reigstad et al., 2002; Torres-Valdés 
et al., 2013; Randelhoff et al., 2018) with implications for the marine 
ecosystem and biogeochemical cycling (Wassman et al., 2006; Arrigo 
and van Dijken, 2015; Tremblay et al., 2015; Neukermans et al., 2018; 
Chierici et al., 2019). Conversely, warming surface waters and more ice 
melt, increases stratification that reduces vertical mixing and therefore 
limits nutrient (re)supply from below, which could result in decreases in 
primary production (e.g. Slagstad et al., 2015). These processes will 
affect the drawdown of atmospheric CO2 with implications for the ma
rine carbon cycle in the region (Fransson et al., 2017; Chierici et al., 
2019). In order to understand the impacts of oceanic warming, re
ductions in sea ice and encroaching “Atlantification” on the current and 
future state of ocean acidification, knowledge of the physical, biological 
and biogeochemical impacts on the water column must be realised. This 
study presents carbonate chemistry, macronutrients and hydrographic 
data from late summer (August/September) in four consecutive years 
from 2014 to 2017. During the study period, varying sea ice and 
oceanographic conditions were found along the Atlantic Water inflow 
pathway that extended from eastern Fram Strait, along the northern 
shelf of Svalbard, Hinlopen Strait and the MIZ in the Nansen Basin, 
Arctic Ocean. Inter-annual variability in pH, carbonate ion concentra
tions and the degree of CaCO3 saturation determined the state of ocean 
acidification as governed by meltwater inputs, water mass mixing and 
biological processes. The aim of this study is to better understand the 
spatio-temporal variability and perturbations to the state of ocean 
acidification, unravelling the complexities through examining the 
concomitant and counteracting nature of different processes in the 
climatically vulnerable Atlantic-Arctic Ocean. 

2. Methods and data 

2.1. Study area 

The western and northern shelves of Svalbard and the Atlantic Arctic 
Ocean are influenced by the inflow of Atlantic Water, southwestward 
flowing Arctic water and advected sea ice, and the perennial advance 
and retreat of the pack ice (Fig. 1a). The West Spitsbergen Current 
(WSC), a continuation of the North Atlantic Current, is a boundary 
current that transports Atlantic Water through Fram Strait and forms the 
major pathway for warm and saline Atlantic Water to enter the Arctic 
Ocean (Carmack et al., 2015; Renner et al., 2018). The WSC splits at the 
Yermak Plateau with the Svalbard Branch flowing at 400–500 m depth 
between the Yermak Plateau and Svalbard into the Nansen Basin 
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(Aagaard et al., 1987; Sievaag and Fer, 2009; Menze et al., 2019). The 
Yermak Branch flows around the western and northern slopes of the 
plateau at 1500 m depth and can become incorporated into the Svalbard 
Branch (Menze et al., 2019). Cold and fresh Arctic water is transported 
northwards around the Svalbard coast within the Coastal Current (e.g. 
Cottier et al., 2005). The Atlantic Water encounters the salinity- 

stratified Arctic waters and the seasonal ice pack to form a transition 
zone between Atlantic and Arctic oceanic environments (Rudels et al., 
2015). This region is key for mixing and cooling of the Atlantic Water 
(Fer et al., 2015), which influences the local sea ice cover and season
ality of the MIZ, defined here as the area having an monthly average 
minimum of 15% ice concentration. 

Fig 1. Maps of the Svalbard Archipelago and 
Atlantic Arctic Ocean region showing (a) regional 
circulation and major topographic features. Red ar
rows depict the Atlantic Water inflow in the West 
Spitsbergen Current in eastern Fram Strait and the 
Atlantic Water pathways around the Yermak Plateau 
as well as the northern edge of the Svalbard shelf 
(Sievaag and Fer, 2009; Menze et al. 2019). Blue 
arrows depict the general southward flow of Arctic 
waters and sea ice, and the westward flowing 
Coastal Current. Station locations in (b) during 
CarbonBridge 2014 (orange triangles), SI-ARCTIC 
2014 (orange dots), SI-ARCTIC 2015 (red dots), SI- 
ARCTIC 2016 (blue dots) and SI-ARCTIC 2017 
(green dots) and local topographic features are 
marked. Locations of Zeppelin Observatory (Z) and 
Verlegenhuken weather station (V) are marked 
(black circles) on Spitsbergen island, to the south
west of Nordauslandet island, separated by Hin
lopen Strait in (a). Colour scale is depth with 
bathymetric data retrieved from the International 
Bathymetric Chart of the Arctic Ocean (Jakobsson 
et al., 2012) and isobaths marked in black at 500, 
1000, 1500, 2000 and 2500 m in (b). Ocean Data 
View (Schlitzer R, 2015) is used as a data visual
isation tool in (a) and Matlab toolbox m_map was 
used for mapping in (b). (For interpretation of the 
references to color in this figure legend, the reader is 
referred to the web version of this article.)   
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Water masses were classified (Table 1) based on the definitions given 
in Rudels et al. (2005) and Pérez-Hernández et al. (2017). The Atlantic 
Water is defined by potential temperature (θ) ≥ 0 ◦C and practical 
salinity ≥34.9 (Fig. 2), which is characterised here as a combination of 
Atlantic Water and Arctic Atlantic Water, as formed from cooled Atlantic 
Water. Definitions for Atlantic Water using sigma limitations (27.70 <
σθ ≤ 27.97; Rudels et al., 2005) are not used here as part of the Atlantic 
Water had temperatures up to 8 ◦C. Interactions between Atlantic Water 
and sea-ice influenced Arctic waters form Polar Surface Water (PSW), 
which is the cold and low saline surface and halocline water that in
sulates the sea ice from the underlying Atlantic Water (Onarheim et al., 
2014; Rudels et al., 2015). The ice meltwater and stratified PSW layer at 
and around the ice edge drive primary production and carbon uptake in 
the MIZ during spring and summer (Reigstad et al., 2002; Leu et al., 
2011; Chierici et al., 2019). Warm Polar Surface Water (PSWw) is the 
warmer variety of PSW (θ > 0 ◦C) formed by a combination of solar 
heating, sea ice melt and intrusions of Atlantic Water (Table 1). The 
temperature bound of 0 ◦C is used to delineate Atlantic Water and Arctic 
Intermediate Water (AIW), whereby the AIW occupies the depth range 
of 500–1600 m below the Atlantic Water (Fig. 2). The largest island of 
the archipelago, Spitsbergen, is separated from the island Nordaus
tlandet by a ~170 km long passage, the Hinlopen Strait (Fig. 1b). Within 
Hinlopen Strait is Hinlopen Trough, which extends from the northern 
mouth of the strait to the shelf break and enables Atlantic Water to 
intrude the northern shelf. 

2.2. Oceanographic sampling 

The Svalbard archipelago and Atlantic region of the Arctic Ocean 
was surveyed during four consecutive late summers (August/ 
September) from 2014 to 2017 as part of the SI-ARCTIC (Strategic 
Initiative – The Arctic Ocean Ecosystem) project (Ingvaldsen et al., 
2016a, 2016b, 2017a, 2017b). Additional hydrographic and biogeo
chemical sampling was carried out in August 2014 as part of the Car
bonBridge project (Chierici et al., 2019 and references therein). Spatial 
surveys were carried out along the Atlantic Water inflow pathway that 
extends from eastern Fram Strait, along the northern shelf of Svalbard, 
Hinlopen Strait and into the MIZ of the Nansen Basin, Arctic Ocean. In 
2015, the survey reached farther north in the thicker sea ice. In 2017, 
the survey extended farther east to cover the shallow shelf north of 
Nordaustlandet to about 30◦E. The CarbonBridge survey was carried out 

7–15 August 2014. SI-ARCTIC surveys were carried out from 15–20 
August 2014, 18 August to 5 September 2015, 3–12 September 2016 and 
22 August to 6 September 2017. The data are interpreted in the context 
of sea ice cover, freshwater inputs, different water masses, advection 
and mixing, biological production, calcium carbonate processes and air- 
sea CO2 exchange, across the 4 main sub-regions. 

Water samples were collected from 8-L Niskin bottles during Car
bonBridge and 5-L Niskin bottles during SI-ARCTIC; Niskin bottles from 
both campaigns were mounted onto General Oceanics rosettes equipped 
with a conductivity-temperature-depth (CTD) sensor system (Seabird 
SBE-911 plus). Water was collected at typically 12 depths (e.g., 5, 10, 
20, 30, 50, 100, 150, 200, then every 100 m to about 5–10 m above the 
seafloor) covering the water column at each hydrographic station, with 
higher resolution in the upper 100 m. The pycnocline and its strength 
were identified as the depth and value of the maximum Brunt–Väisälä 
frequency N2, respectively.. Mixed layer depth (MLD) was set to be 
identical to the layer above the pycnocline (i.e., MLD = depth of 
maximum N2), thereby ignoring any density gradients above the pyc
nocline. The MLD ranged between 3 m in freshwater-influenced Hin
lopen Strait and 78 m in the deeply mixed water column in Fram Strait, 
with an average MLD of 20–22 m across all years. Therefore, 21 m is 
taken as an overall (average) representative MLD during the study 
period to ensure that it captures the variability in the seasonal stratifi
cation. A reference salinity of 35.07 ± 0.06 (Sref; n = 42) determined 
from the average salinity for repeat stations in eastern Fram Strait for 
2014–2017 (Fig. 1b) was used with the measured salinity (S) to estimate 
the freshwater fraction (FW) following Eq. (2). 

FW = (Sref − S)/Sref (2)  

2.3. Meteorology, sea ice concentration and stable oxygen isotope of 
seawater 

Wind speed, air pressure and air temperature data at 10 m height 
with a 6-hourly resolution for the month of September were obtained 
from the Norwegian Meteorological Institute (eklima.met.no/) from 
weather station Verlegenhuken (80.06 ◦N, 16.25 ◦E), north Spitsbergen 
(Fig. 1a). Relative to the 4-year study period (Table 2), 2014 had the 
strongest monthly mean winds of 7.4 ± 4.4 m s− 1, range of 0.5–19.7 m 
s− 1, and lowest air pressure of 1004 ± 9 mbar. Air temperatures were 
also colder − 0.9 ± 2.4 ◦C in 2014 relative to the other years. In 2016, 

Table 1 
Water mass definitions based on potential temperature (θ, ◦C), practical salinity (S) and potential density (σθ, kg m− 3) and average, standard deviation, maximum and 
minimum values for all biogeochemical observations during the study period 2014–2017 (n = 1491): stable isotope of oxygen in seawater (δ18O,‰); nitrate (NO3, μmol 
kg− 1); silicate (Si(OH)4, μmol kg− 1); dissolved inorganic carbon (CT, μmol kg− 1); total alkalinity (AT, μmol kg− 1); pH on the total hydrogen ion scale(pHT); carbonate 
ion concentration ([CO3

2− ], μmol kg− 1); aragonite saturation state (Ω). *data from 2015, 2016, 2017 only. Water mass definitions derived from Rudels et al. (2005) 
and Pérez-Hernández et al. (2017): Polar Surface Water (PSW), warm Polar Surface Water (PSWw), Atlantic Water (AW), Arctic Intermediate Water (AIW). Number of 
data points (n) are in parentheses.  

Water mass Definition δ18O 
‰* 

NO3 

μmol kg− 1 
Si(OH)4 

μmol kg− 1 
CT 

μmol 
kg− 1 

AT 

μmol 
kg− 1 

pHT [CO3
2− ] 

μmol kg− 1 
Ω 

Warm Polar Surface Water (PSWw) (n =
391) 

θ > 0 
S < 34.9  

0.37 
(0.26) 
-0.29 
1.16 

2.57 (3.27) 
0.00 
13.32 

2.04 (1.18) 
0.25 
7.87 

2072 (64) 
1880 
2178 

2268 (54) 
2090 
2342 

8.186 
(0.065) 
8.042 
8.376 

139 (17) 
97 
176 

2.08 
(0.28) 
1.26 
2.65 

Polar Surface Water (PSW) (n = 121) σθ ≤ 27.97 
θ ≤ 0  

0.28 
(0.30) 
-0.73 
1.09 

3.20 (3.75) 
0.00 
12.48 

1.91 (1.49) 
0.00 
5.59 

2024 (98) 
1837 
2168 

2205 (72) 
2039 
2291 

8.254 
(0.110) 
8.048 
8.421 

128 (22) 
93 
172 

1.92 
(0.34) 
1.29 
2.60 

Atlantic Water (AW) (n = 863) θ ≥ 0 
S ≥ 34.9  

0.55 
(0.17) 
0.24 
1.10 

10.07 
(3.71) 
0.00 
14.68 

4.41 (1.33) 
0.24 
8.57 

2158 (19) 
2074 
2189 

2317 (9) 
2297 
2341 

8.071 
(0.033) 
8.011 
8.211 

116 (12) 
97 
163 

1.68 
(0.22) 
1.24 
2.46 

Arctic Intermediate Water (AIW) (n = 118) σθ > 27.97 
θ < 0  

0.46 
(0.14) 
0.29 
0.84 

14.48 
(0.99) 
11.73 
16.25 

10.11 
(1.85) 
4.81 
13.26 

2167 (9) 
2142 
2185 

2305 (6) 
2294 
2325 

8.056 
(0.015) 
8.098 
8.010 

101 (3) 
91 
107 

1.20 
(0.10) 
0.98 
1.41  
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lowest wind speeds of 5.3 ± 3.6 m s− 1, ranging 0.3–14.2 m s− 1, occurred 
with an air pressure of 1007 ± 9 mbar and temperature was 1.7 ± 2.2 ◦C. 
September 2017 was characterised by the highest monthly mean air 
pressure of 1015 ± 8 mbar and warmest air temperatures 2.6 ± 2.7 ◦C, 
relative to the other years. Monthly mean wind speeds were similar in 
2015 and 2017 at ~6.1 m s− 1, with strongest winds up to ~19 m s− 1. 

Daily sea ice concentration data were derived from the Advanced 
Microwave Scanning Radiometer 2 (AMSR-2) products from the Uni
versity of Bremen (seaice.uni-bremen.de, Spreen et al. 2008). Ice con
centration data were gridded onto a stereographic grid and at each 
station location, the mean sea ice concentration in the last 30 days, 
linear trend in ice concentration in the last 30 days (if the r2 of the fit was 
below 0.2 the trend was set to 0), number of ice covered days during the 
survey year and mean ice concentration in the survey year were 
determined. 

Samples for determination of the stable oxygen isotopic ratio of 
seawater (δ18O) were collected in 2015, 2016 and 2017. Seawater was 
collected from the Niskin bottles into 25 mL vials and stored in the dark 

at 4 ◦C until analysis using a Thermo Fisher Scientific Delta V Advantage 
mass spectrometer with Gasbench II. Data were standardised relative to 
Vienna Standard Mean Ocean Water (VSMOW) for δ18O (‰) with a 
reproducibility of replicate analyses of ±0.04‰. Higher δ18O values are 
most isotopically enriched (heavier) with respect to 18O and an indicator 
of oceanic and sea-ice meltwater (oceanic derived) water sources. 
Conversely, lower δ18O values are most isotopically depleted (lighter) 
with respect to 18O and an indicator of meteoric water sources. Origins 
of meteoric waters to the region are glacial meltwater and snow melt 
from localised influences of glaciers (isotopically light δ18O) in near- 
shore shelf waters and in Hinlopen Strait and sea ice (isotopically 
enriched δ18O) in the MIZ (Table 1). 

2.4. Macronutrients and chlorophyll a 

Samples for macronutrients nitrate + nitrite (NO3 + NO2), nitrite 
(NO2) for determination of NO3, phosphate (PO4) and silicate (Si(OH4)) 
were drawn from the Niskin bottles into 20 mL vials, preserved with 

Fig 2. Section plots of potential temperature 
(θ, ◦C), salinity and potential density (σθ, kg 
m− 3) in the water column from the longest 
section extending from Hinlopen Strait, 
across the shelf and slope and into the Nan
sen Basin (SI-ARCTIC 2015). Key water mass 
boundaries are shown (black lines) for Polar 
Surface Water (PSW), warm Polar Surface 
Water (PSWw), Atlantic Water (AW), Arctic 
Intermediate Water (AIW) based on defini
tions from Rudels et al. (2005) and Pérez- 
Hernández et al. (2017). Black dots show 
sample positions. Ocean Data View (Schlit
zer, 2015) is used as a data visualisation tool.   

E.M. Jones et al.                                                                                                                                                                                                                                

http://seaice.uni-bremen.de


Progress in Oceanography 199 (2021) 102708

6

chloroform and stored at 4 ◦C. Analysis was carried out at the Institute of 
Marine Research, Bergen, Norway, using a Flow Solution IV analyser 
from O.I. Analytical, United States, following Grasshof et al. (2009). The 
analyser was calibrated using reference seawater from Ocean Scientific 
International Ltd., United Kingdom. Samples for chlorophyll a (hereafter 
referred to as chlorophyll) were drawn from the Niskin bottles and were 
filtered over GF/F filters (0.45 μm mesh), placed in vials and frozen at 
− 20 ◦C. All samples were extracted with methanol and analysed using a 
Turner 10-AU fluorometer (calibrated using chlorophyll, Sigma C6144) 
before and after acidification with 5% HCl at the Institute of Marine 
Research, Bergen, Norway. 

2.5. Carbonate chemistry 

Seawater samples for carbonate chemistry were drawn using Tygon 
tubing from Niskin bottles into 250 mL borosilicate glass bottles and 
either (i) stored for post-cruise analysis, where 60 μL of saturated mer
curic chloride solution was added, at the Institute of Marine Research, 
Tromsø, in 2014, 2016 and 2017 or (ii) analysed onboard in 2015. 
Following methods outlined in Dickson et al. (2007), post-cruise deter
mination of CT was carried out by gas extraction of acidified (8.5% 
H3PO4) samples followed by coulometric titration and photometric 
detection (Johnson et al., 1987) using a Versatile Instrument for the 
Determination of Titration carbonate (VINDTA 3D, Marianda, Ger
many). Determination of AT was carried out by potentiometric titration 
with 0.1 M hydrochloric acid in a semi-open cell using a Versatile In
strument for the Determination of Titration Alkalinity (VINDTA 3S, 
Marianda, Germany). Measurements were calibrated against Certified 
Reference Materials (CRM, provided by A. G. Dickson, Scripps Institu
tion of Oceanography, USA) in 2014 (batch 139), 2016 (batch 160, 162, 
164) and 2017 (batch 169, 170). The measurements precision, as 
determined from the average standard deviation for CT and AT replicate 
analyses, was within ±2 µmol kg− 1. 

In 2015, determination of AT and pH on the total hydrogen ion scale 
(pHT) was performed directly onboard after a few hours thermostating 
to about 15 ◦C. The AT was determined by potentiometric titration with 
0.05 M hydrochloric acid in an open cell on a Metrohm Titrando system 
with a pHT sensitive electrode with temperature measurements (Aqua
trode). The accuracy of AT was checked daily by analysis and correction 
based on CRM (batch 134), as detailed above. The pHT was determined 
using a spectrophotometer (Agilent 8453 Diode-array) and pH sensitive 
dye (meta-cresol purple, 2 mM) and a 1 cm Quartz cuvette. 3 mL of the 

sample was mixed with 35 μL of the indicator dye. The pHT of the in
dicator was measured daily using a 0.2 mm quartz cuvette and correc
tion for the perturbation of the indicator pHT was performed according 
to Chierici et al. (1999). The precision was performed on replicate 
analysis of samples and was for AT about ±1 μmol kg− 1, and for pHT ±

0.001. 
Data consistency was checked using samples collected from the core 

of Atlantic Water (400–500 m) in eastern Fram Strait at 78.0 ◦N 9.5 ◦E 
(Fig. 1b), where repeat occupations from 2014 to 2017 during this study 
yielded measured and calculated (AT, pHT) values for CT of 2165–2167 
μmol kg− 1. These values are in very close agreement to CT values of 
~2167 μmol kg− 1 reported previously at the corresponding depth range 
(Stöven et al. 2016). The mean age of the Atlantic Water in the upper 
600 m in eastern Fram Strait, from transient tracer distributions by 
Stöven et al. (2016), was determined as 9 ± 10 years and therefore it is 
not expected that there would be an increase in CT since the time of data 
collection in 2012 relative to the current study period. 

2.6. Air-sea CO2 fluxes 

Air-sea CO2 fluxes were calculated using the gas transfer velocity 
formula of Wanninkhof (2014), parameterized as a function of the 
Schmidt number (Sc) of the gas with the squared wind speed at 10 m 
above ground (U10), the solubility coefficient of CO2 (K0) of Weiss 
(1974) and the gradient in pCO2 between air and sea (ΔpCO2sea-air). 
Monthly (September) mean squared wind speed from Verlegenhuken 
weather station (Fig. 1a) was used. Air xCO2 (dry air) data were obtained 
from the Zeppelin Observatory (Fig. 1a), Spitsbergen (Norwegian 
Institute for Air Research; http://ebas.nilu.no/), as described in Ericson 
et al. (2019b). The atmospheric CO2 concentrations were converted to 
partial pressures and fugacity by following the procedure in Dickson 
et al. (2007) using the monthly mean atmospheric pressure and the 
seawater vapor pressure calculated from the salinity and temperature of 
the surface waters (Ambrose and Lawrenson, 1972; Millero and Leung, 
1976). Average monthly (September) pCO2air in 2014, 2015, 2016 and 
2017 was 380 ± 1 µatm, 384 ± 1 µatm, 388 ± 1 µatm, 389 ± 1 µatm, 
respectively. 

The pCO2sea in surface water (<10 m) was calculated from measured 
CT and AT (in 2014, 2016, 2017) and from measured pHT and AT (in 
2015) using the CO2-chemical speciation model CO2SYS accompanied 
by in situ temperature, salinity, pressure, PO4 and Si(OH)4 (Lewis and 
Wallace, 1998; van Heuven et al., 2011). The carbonic acid dissociation 
constants (pK1 and pK2) of Mehrbach et al. (1973) as refit by Dickson 
and Millero (1987) were selected as they have a good agreement with 
measured values in Arctic waters (Fransson et al., 2015; Chen et al. 
2015; Woosley et al. 2017) and have been previously used for carbonate 
system studies along the Svalbard shelf region (Fransson et al., 2016, 
2017; Chierici et al., 2019; Ericson et al., 2019b). A negative air–sea CO2 
flux implies a net transfer from the atmosphere into the ocean. 

Sea ice can influence the air-sea CO2 exchange (Butterworth and 
Miller, 2016), therefore the computed air-sea CO2 fluxes were scaled to 
account for sea ice cover by applying a correction factor (100 minus the 
satellite derived sea ice concentration), following previous studies. This 
technique assumes that sea ice inhibits CO2 exchange and that air-sea 
fluxes are a linear function of sea ice cover. However, it has been re
ported that sea ice allows a degree of air-sea CO2 exchange (Semiletov 
et al., 2004; Loose et al., 2009). For 100% sea ice concentrations, the 
correction factor was adjusted to 1% to allow for any air-sea exchange 
that likely occurs due to breaking-up and melting of the ice pack, leads 
and brine channels, following previous studies (Bates et al., 2006; 
Shadwick et al., 2011; Fransson et al., 2017). 

2.7. Ocean acidification state determination 

2.7.1. pH and calcium carbonate saturation 
Seawater pHT, [CO3

2− ] and the CaCO3 saturation state were 

Table 2 
Monthly (September) means and standard deviation of the meteorological var
iables wind speed (m s− 1), air pressure (mbar), air temperature and spatially 
averaged means in air-sea CO2 variables ΔpCO2 (μatm), air-sea CO2 fluxes 
(mmol m− 2 day− 1) and ΔCT flux (μmol kg− 1 month− 1) for 2014, 2015, 2016 and 
2017. Number of observations (n) in parenthesis. The standard deviation in the 
air-sea CO2 variables includes some spatial variability due to slight differences in 
sampling location across the region each year.  

Variable 2014 2015 2016 2017 

Wind speed (m s− 1) 7.4 ± 4.4 
(n = 89) 

6.1 ± 3.5 
(n = 120) 

5.3 ± 3.6 
(n = 105) 

6.1 ± 4.0 
(n = 120) 

Air pressure (mbar) 1004 ± 9 
(n = 97) 

1009 ± 10 
(n = 120) 

1007 ± 9 
(n = 119) 

1015 ± 8 
(n = 120) 

Air temperature (◦C) − 0.9 ± 2.4 
(n = 104) 

1.2 ± 1.9 
(n = 120) 

1.7 ± 2.2 
(n = 120) 

2.6 ± 2.7 
(n = 120) 

ΔpCO2 (μatm) − 169 ± 44 
(n = 12) 

− 158 ± 46 
(n = 31) 

− 179 ± 35 
(n = 16) 

− 180 ± 42 
(n = 22) 

Air-sea CO2 fluxes 
(mmol m− 2 day− 1) 

− 20.4 ±
5.9 (n =
12) 

− 12.6 ±
4.0 (n =
31) 

− 11.1 ±
2.4 (n =
16) 

− 15.0 ±
3.7 (n =
22) 

Air-sea CO2 fluxes (ice 
scaled) (mmol m− 2 

day− 1) 

− 13.3 ±
5.7 (n =
12) 

− 9.5 ± 2.8 
(n = 31) 

− 8.6 ± 2.7 
(n = 16) 

− 11.5 ±
3.3 (n =
22) 

ΔCT flux (μmol kg− 1 

month− 1) 
21 ± 8 (n 
= 12) 

13 ± 4 (n 
= 31) 

12 ± 4 (n 
= 16) 

16 ± 5 (n 
= 22)  
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calculated from CT and AT (in 2014, 2016, 2017) and from measured 
pHT and AT (in 2015) using CO2SYS, as described in section 2.6. 
Changes in [CO3

2− ] affect the solubility and degree of CaCO3 saturation, 
which determines the Ω of CaCO3 (aragonite and calcite) in the ocean 
(Eqn. (1)). In addition, freshwater from glacial melt and river runoff can 
supply surrounding seawater with dissolved minerals from weathering 
of the bedrock. Dissolution of carbonate-rich minerals dolomite (CaMg 
(CO3)2) and CaCO3 has been shown to increase AT and enhance Ω in 
surface waters of Svalbard fjords (Fransson et al. 2015, 2016; Hopwood 
et al., 2020). The ocean acidification state is evaluated by consideration 
of the physical and biogeochemical processes that drive changes in 
CaCO3 saturation, with reference to [CO3

2− ] and pHT. Hereafter, dis
cussions on CaCO3 saturation will focus on the more sensitive bio
mineral aragonite, unless otherwise stated, where Ωaragonite is simplified 
to Ω. 

2.7.2. Controls on surface water acidification states 
The inter-annual variability in Ω in the mixed layer (upper 20 m) was 

investigated using anomalies (ΔΩ = Ωobs − Ωave), which are derived 
from mean values in the upper 20 m in each observation year (Ωobs) 
relative to the 4-year (2014–2017) average (Ωave). The anomalies are 
estimated using CO2SYS from variations CT, AT, Si(OH)4, PO4, salinity, 
temperature and pressure in the upper 20 m in each observation year 
relative to the 4-year average. Total ΔΩ was partitioned into effects of 
air-sea CO2 fluxes, salinity changes, temperature changes, photosyn
thesis/respiration, calcium carbonate formation/dissolution, freshwater 
CT and AT supplies, advection and vertical mixing (Table 3) for each sub- 
region: (1) eastern Fram Strait, (2) northern shelf, (3) Hinlopen Strait 
and (4) the MIZ. Negative anomalies indicate a decrease in Ω in the 
observation year relative to the 4-year average and positive anomalies 
indicate an increase in the observation year relative to the 4-year 
average. 

To account for the effects of oceanic CO2 uptake on Ω, the corre
sponding rate of change in CT (ΔCTflux; ∂CT/∂t, μmol kg− 1 month− 1) was 
calculated using the daily ice-scaled fluxes summed for the month of 
September, divided by the seawater density in the upper 20 m. A posi
tive ΔCTflux indicates increased CT in the mixed layer. The ΔΩflux was 
estimated by determining the anomaly in ΔCTflux for each sub-region 
and adding that value to the 4-year CT average in the upper 20 m and 
using CO2SYS with the average AT, Si(OH)4, PO4, salinity, temperature 
and pressure for each year to calculate the perturbed Ω for each obser
vational year. The difference between the perturbed and 4-year average 
gives the change in Ω due to atmospheric CO2 uptake by the ocean for 
each year per sub-region. 

The effects of changes in salinity on Ω were investigated using 

CO2SYS with the average CT, AT, Si(OH)4, PO4, temperature and pres
sure for each year and the salinity anomaly (Sobs − Save) to calculate a 
perturbed Ω. The difference between the perturbed and 4-year average 
Ω gives the change in Ω due to salinity variations in the upper 20 m for 
each year per sub-region. The effects of temperature changes on Ω result 
from the thermodynamics of the carbonate system of seawater, where 
increased temperatures lead to increased [CO3

2− ] and Ω (Pierrot et al., 
2006). This was investigated using CO2SYS with the average CT, AT, Si 
(OH)4, PO4, salinity and pressure for each year and the temperature 
anomaly (θobs − θave) to calculate a perturbed Ω. The difference between 
the perturbed and 4-year average gives the change in Ω due to tem
perature changes in the upper 20 m for each year per sub-region. 

Photosynthetic uptake of CO2 is accompanied by drawdown of NO3, 
and an increase in AT of 1 μmol kg− 1 per 1 μmol NO3 kg− 1 drawn down 
during photosynthesis (Wolf-Gladrow et al., 2007). This results in an 
increase in [CO3

2− ] and Ω. Conversely, remineralisation of organic 
matter from heterotrophic respiration releases CO2 and NO3, which re
duces AT, [CO3

2− ] and Ω. The effects of biological CO2 uptake on Ω was 
estimated from anomalies in CT bio (and corresponding AT bio) calculated 
from anomalies in salinity normalised NO3 (NO3 sal; Eq. (3)), i.e. (NO3 

sal)obs − (NO3 sal)ave and applying the Redfield C:N stoichiometric ratio 
(Redfield et al. 1963). This ratio was selected as a suitable estimate 
based on average C:N ratios of 6.7 and 7.9 in Atlantic and Arctic Water, 
respectively, in the Barents Sea (Frigstad et al. 2014). Salinity normal
isation of nutrient concentrations (X) was carried out using the tradi
tional method (Friis et al. 2003) using situ salinity (S) and the reference 
salinity (Sref) following Eq. (3). 

Xsal = (X/S) × Sref (3) 

The ΔCT bio and ΔAT bio were added to the average CT and AT in 
CO2SYS with the average Si(OH)4, PO4, salinity, temperature and 
pressure for each year to calculate a perturbed Ω. The change in Ω due to 
biological processes (ΔΩbio) was estimated from the difference between 
the perturbed Ω value and the 4-year average Ω. 

The relationship between AT and salinity is used to estimate the 
freshwater endmember, likely integrating signals from meteoric sources 
(glacial meltwater, snow melt, river runoff, rain) and melting sea ice, as 
previously used. The endmember estimates indicate that AT and CT of 
186–360 μmol kg− 1 and 226–364 μmol kg− 1, respectively, is released in 
freshwater to the upper 20 m across the sub-regions. The non-zero ΔAT 
when ΔS = 0 (Table 4) represents other processes affecting AT, such as 
biological production (accounted for above), CaCO3 formation/disso
lution and terrestrial and benthic fluxes of AT. Likely sources are from 
dissolution of CaCO3 shells, for example from coccolithophores (Chierici 
et al., 2019; Oziel et al., 2020) and pteropods (Fransson et al., 2016 and 
references therein) that are ubiquitous across the shelf area, and from 
dissolving ikaite released from melting sea ice (Rysgaard et al., 2007; 
Fransson et al., 2013). In addition, glacial meltwater (Fransson et al., 
2015; Ericson et al., 2019b) and riverine inputs (Cooper et al., 2008; 
Ericson et al. 2018) constitute supplies of AT (and CT) to surface waters. 
These sources of AT provide a geochemical buffer and inputs of inorganic 
carbon in freshwater discharge to the Svalbard and the Atlantic Arctic 
Ocean. The freshwater fraction anomaly (fwobs − fwave) was multiplied 
by the fraction of AT S=0 and CT S=0 based on the assumption that the AT 
and CT freshwater components (Table 4) are delivered to the upper 20 m 
at 100% freshwater fraction. The ΔCT fw and ΔAT fw were added to the 
average CT and AT and used in CO2SYS with the average Si(OH)4, PO4, 
temperature and pressure for each year to calculate a perturbed Ω. The 
change in Ω due to freshwater derived AT and CT (ΔΩFW) was estimated 
from the difference between the perturbed Ω value and the 4-year 
average Ω. 

Changes in Ω resulting from CaCO3 mineral (biotic aragonite and 
calcite; abiotic ikaite) formation or dissolution (ΔΩCaCO3) were deter
mined from anomalies in potential AT (AT*; sum of salinity-normalised 
AT and NO3; Brewer and Goldman, 1976) and corresponding CT CaCO3 
in the ratio 2 ΔAT: 1 ΔCT (Zeebe and Wolf-Gladrow, 2001). Salinity 

Table 3 
Terminology used to investigate the inter-annual variability in ocean acidifica
tion. Anomalies (ΔΩ) in the aragonite saturation state (Ω) in the mixed layer are 
partitioned into changes resulting from air-sea CO2 fluxes, salinity changes, 
temperature changes, photosynthesis/respiration, calcium carbonate forma
tion/dissolution, freshwater derived CT and AT, advection and vertical mixing 
for each sub-region: (1) eastern Fram Strait, (2) northern shelf, (3) Hinlopen 
Strait and (4) the MIZ.  

Acidification state terminology Ω expression 

in situ (determined from CT, AT) Ω 
observational year average Ωobs 

4-year (2014–2017) average Ωave 

anomalies (total change) ΔΩ (Ωobs − Ωave) 
change due to air-sea CO2 fluxes ΔΩflux 

change due to salinity changes ΔΩsal 

change due to temperature changes ΔΩtemp 

change due to photosynthesis/respiration ΔΩbio 

change due to CaCO3 formation/dissolution ΔΩCaCO3 

change due to freshwater derived CT and AT ΔΩfw 

change due to advection ΔΩadv 

change due to vertical mixing ΔΩmix  

E.M. Jones et al.                                                                                                                                                                                                                                



Progress in Oceanography 199 (2021) 102708

8

normalisation of CT and AT removes effects of changing salinity due to 
dilution and enrichment (Friis et al. 2003) and was carried out using the 
technique that accounts for the non-zero freshwater endmembers 
(Table 4). The resultant values were used in CO2SYS with the average 
CT, AT, Si(OH)4, PO4, salinity, temperature and pressure for each year to 
calculate a perturbed Ω. The change in Ω due CaCO3 processes was 
estimated from the difference between the perturbed Ω value and the 4- 
year average Ω. Using changes in seawater CT and AT to estimate 
ΔΩCaCO3 cannot specify which CaCO3 mineral is involved in the process. 

The influence of advection (ΔΩadv; taken here to represent the ho
rizonal exchange of water masses to differentiate from vertical mixing) 
of different water masses on Ω was estimated from relationships of CT 
and AT with salinity (Eqn. 4–5). For CT, the relationship with salinity is 
non-conservative and therefore a theoretical mixing line between the 
freshwater endmember and Atlantic Water endmember is used per re
gion (gradient #; Table 1) together with the average salinity in the upper 
20 m per year, adapted from Ericson et al. (2019b). For AT, the near- 
conservative relationship with salinity results in a dominant control 
on AT and as such the relationship between changes in AT (ΔAT) and 
salinity (ΔS) in the upper 20 m is used following Eq. (5). 

CT = (#× S)+CTS=0 (4)  

AT = (#× ΔS)+ΔATΔS=0 (5) 

These values were added to the average CT and AT in the upper 20 m 
per year and used with CO2SYS with the average Si(OH)4, PO4, salinity, 
temperature and pressure to calculate a perturbed Ω. The change in Ω 
due to advective processes was estimated from the difference between 

the perturbed value and the 4-year average Ω. The effects of mixing on Ω 
(ΔΩmix) only account for the vertical flux of subsurface Atlantic Water 
with low-Ω (to differentiate mixing and advective processes) and were 
estimated from the inverse of the average mixed layer depth (MLD) 
during the observational year, the MLD anomaly (MLDobs − MLDave) and 
the difference between average values of Ω for the Atlantic Water for 
each year per sub-region, adapted from Chierici et al. (2011). If ΔMLD <
0, i.e. shallowing of the mixed layer in the observational year relative to 
the 4-year average, then the changes in Ω are assumed to be 0. 

2.8. Uncertainties 

The Ω anomalies determined using regional mean values in the upper 
20 m in each observation year relative to the 4-year (2014–2017) 
average will include a degree of spatial variability due to the variable 
distribution of sampling stations. However, the temperature-salinity 
(and stable oxygen isotopic ratio of seawater) characteristics of the 
(upper) water column revealed that the inter-annual variability, as 
strongly controlled by sea ice cover, was much larger than the spatial 
variability in the physical–chemical characteristics. Therefore, the 
temporal variations in the reported variables are used to reveal key 
drivers of Ω anomalies. Uncertainties in the contributing components to 
ΔΩ were considered from errors associated with the input terms used in 
the anomaly calculations. Uncertainties were estimated from analytical 
precision as follows: ΔCT total and ΔAT total ± 2 μmol kg− 1; ΔCT temp and 
ΔAT temp were ±2 μmol kg− 1; ΔCT sal and ΔAT sal ± 2 μmol kg− 1; ΔCT adv 
and ΔAT adv were ±4 μmol kg− 1; ΔCT FW and ΔAT FW were ±2 μmol kg− 1. 
Uncertainties in ΔCT bio and ΔAT bio were estimated as ±1.5 μmol 
kg− 1from the analytical precision of NO3 of ±3% and variability in the 
C:N ratio (±1 μmol kg− 1) to account for variations in the ratio from 6.6 
(Redfield et al., 1963; Frigstad et al., 2014). The uncertainties in ΔAT 

CaCO3 and ΔCT CaCO3 were estimated as an upper bound of ±5 μmol kg− 1 

from the analytical precision of NO3 (±3%) and AT (±2 μmol kg− 1). 
Uncertainties in the calculated surface water pCO2 (xCO2) result from 
uncertainties in CT, AT, salinity, temperature, K1 and K2 that were added 
to each value of each property and used as inputs in CO2SYS to yield an 
upper bound error as ±10 μatm. Associated errors on ΔCT flux are esti
mated as ±4 μmol kg− 1. A recent internal consistency study using CO2 
system data from 2015 in the Atlantic Water influenced Labrador Sea 
showed that the Mehrbach et al. (1973) constants yielded the closest 
agreement to measured values (Raimondi et al., 2019), but using AT and 
CT rather than AT and pH (in 2015) likely overestimated pCO2 by as 
much as 25 μatm. Therefore, the pCO2(AT,CT) values in 2014, 2016 and 
2017 could be overestimated by an average of ~12 μatm. Therefore, the 
gradient relative to atmospheric CO2 and CO2 fluxes are likely to be 
greater, which would lead to a slight increase in ΔCT flux and further 
decrease Ω in surface waters in 2014, 2016 and 2017. 

3. Results 

3.1. Hydrography and sea ice 

The late summer (August-September) extent of sea ice exhibited 
large spatial variability during the study period (Fig. 3). Eastern Fram 
Strait and Hinlopen Strait typically had low sea ice cover each year and 
the shelf region displayed some variability in sea ice conditions. The MIZ 
had higher sea ice cover relative to the other three sub-regions with 
large inter-annual variability in the southward extent of the ice edge. 
The largest extent of summer sea ice, from Fram Strait to the northern 
Barents Sea, occurred during 2014 and the ice edge north of Svalbard 
was located at ~80◦N. In contrast, 2015 had much reduced sea ice cover 
by late summer and, as such, the transect from Hinlopen Strait across the 
northern shelf was extended farther north into the seasonal pack ice of 
the Nansen Basin. The ice edge north of Svalbard was at ~81◦N, around 
110 km farther north than during 2014. The years 2016 and 2017 were 
initially characterised by similar ice conditions to those in 2014, 

Table 4 
Relationships between physical and biogeochemical variables that effect the 
aragonite saturation (Ω) and drive perturbations in the ocean acidification state. 
Values are determined from all data during the 4-year study period (2014–2017) 
in the average depth of the mixed layer (upper 20 m) per sub-region. Rate of 
change in AT with salinity (AT/S); change in AT versus change in salinity (ΔAT/ 
ΔS); value of AT when salinity is 0 (AT S=0); amount of change in AT when change 
in salinity is 0 (ΔAT ΔS=0); rate of change in CT with salinity (CT/S); value of CT 
when salinity is 0 (CT S=0); value of δ18O when salinity is 0 (δ18O S=0); average 
salinity in Atlantic Water (SAW); average value of CT in (Atlantic Water CT AW); 
average value of Ω in Atlantic Water (Ω AW). Values estimated from linear 
regression relationships include relevant r2, p value and number of observations 
(n) in parenthesis.   

Fram Strait Northern shelf Hinlopen Strait MIZ 

AT/S, 
ΔAT/ 
ΔS 

61.2 ± 2.7 
(r2 = 0.89; p 
≪ 0.01; n =
65) 

61.1 ± 3.3 (r2 

= 0.91; p ≪ 
0.01; n = 36) 

59.5 ± 1.7 (r2 =

0.96; p ≪ 0.01; 
n = 59) 

55.7 ± 2.1 
(r2 = 0.90; p 
≪ 0.01; n =
80) 

AT S=0 

(μmol 
kg− 1) 

192 ± 91 (r2 

= 0.89; p =
0.04; n = 65) 

186 ± 111 (r2 

= 0.91; p =
0.10; n = 36) 

241 ± 57 (r2 =

0.96; p < 0.01; 
n = 59) 

360 ± 68 (r2 

= 0.90; p <
0.01; n = 80) 

ΔAT ΔS=0 

(μmol 
kg− 1) 

20 ± 2 (r2 =

0.89; p ≪ 
0.01; n = 65) 

1 ± 4 (r2 =

0.91; p = 0.86; 
n = 36) 

− 6 ± 2 (r2 =

0.96; p < 0.01; 
n = 59) 

14 ± 2 (r2 =

0.90; p <
0.01; n = 80) 

CT/S 52.4 ± 4.4 
(r2 = 0.70; p 
≪ 0.01; n =
64) 

52.0 ± 4.0 (r2 

= 0.83; p ≪ 
0.01; n = 37) 

49.6 ± 2.9 (r2 =

0.84; p < 0.01; 
n = 59) 

53.5 ± 3.1 
(r2 = 0.79; p 
≪ 0.01; n =
78) 

CT S=0 

(μmol 
kg− 1) 

283 ± 150 
(r2 = 0.70; p 
= 0.06; n =
64) 

283 ± 133 (r2 

= 0.83; p =
0.04; n = 37) 

364 ± 96 (r2 =

0.84; p ≪ 0.01; 
n = 59) 

226 ± 103 
(r2 = 0.79; p 
= 0.03; n =
78) 

δ18O S=0 

(‰) 
− 1.52 ± 2.45 
(r2 = 0.05; p 
= 0.55; n =
12) 

− 3.30 ± 1.13 
(r2 = 0.41; p <
0.01; n = 18) 

− 5.59 ± 1.81 
(r2 = 0.24; p <
0.01; n = 36) 

− 0.88 ± 1.19 
(r2 = 0.03; p 
= 0.47; n =
38) 

SAW 35.06 ± 0.08 35.02 ± 0.07 35.00 ± 0.08 35.00 ± 0.09 
CT AW 

(μmol 
kg− 1) 

2162 ± 26 2161 ± 10 2153 ± 14 2158 ± 16 

ΩAW 1.70 ± 0.29 1.60 ± 0.19 1.68 ± 0.18 1.60 ± 0.24  
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however rapid retreat occurred with the ice edge generally following the 
shelf-break north of Svalbard at ~80.5◦N. 

Spatially, surface waters were warmest (6–9 ◦C) and most saline 
(34.8–35.1) along the Atlantic Water inflow from eastern Fram Strait 
and the north-western shelf (Fig. 4). Sea surface temperatures were 
lowest (<0 ◦C) in the MIZ from the western flank of the Yermak Plateau 
to the seasonal ice pack at 82◦N (in 2015), and to the shelf break north of 
Svalbard and across the shelf northeast of Nordaustlandet (in 2017). 
Relatively fresh surface waters (S ~ 32) were consistently found in the 
MIZ. Lower δ18O values (<1‰) were characteristic of surface waters in 
Hinlopen Strait and the northern shelf. In 2015, average surface tem
peratures were generally higher compared with the other years. This 
was accompanied by higher δ18O values of 0.45 ± 0.24‰. In contrast, 
surface waters in 2017 had lower salinity and reduced temperatures and 
lower δ18O between − 0.02‰ and − 0.73‰ as an indication of increased 
meteoric water fraction mixed into the background of Atlantic Water. 

The surface layer (mixed layer, average depth 21 m) and upper water 
column was characterised by fresher and often colder waters (Fig. 5a-b) 
of PSW and PSWw (Fig. 2). The values of δ18O and salinity increased 
rapidly below the surface layer up to about 50 m depth and become 
more uniform at about 0.3–1‰ and 34.9, respectively (Fig. 5b-c). Lower 
δ18O values (typically < 0.50‰) were a signal of meteoric water (glacial 
meltwater, river runoff, snow melt, rain) mixing with sea-ice melt and 
surface seawater. Higher δ18O values up to ~1‰ in Atlantic Water were 
indicative of oceanic-sourced waters (Table 1). Subsurface waters were 

dominated by Atlantic Water from 600 to 700 m depth up to the surface 
layer (Fig. 2), which showed the largest inter-annual variability in water 
mass characteristics (Fig. 5). Below 1000  m depth in the Nansen Basin, 
AIW could de distinguished by potential temperatures<0 ◦C (Figs. 5-6) 
and δ18O values of 0.46 ± 0.14‰ (Fig. 5c; Table 1). In 2015, the dis
tribution of δ18O with respect to salinity shows that the water column 
was typically isotopically enriched with greater volume and/or influ
ence of Atlantic Water across the region (Fig. 5c). Colder water with 
higher δ18O values occurred in the northern extent in the MIZ in 2015. In 
2017, a colder halocline and lower temperatures were found over the 
shelf and northeast of Nordaustlandet. This indicates that significant 
cooling of the water column took place, which coupled to lower δ18O, is 
likely linked to late retreat of the ice pack and influx of snow and sea-ice 
meltwater and subsequent mixing with surface waters. 

3.2. Carbonate chemistry and ocean acidification state 

Surface water CT and AT were highest in eastern Fram Strait and 
along the northern and western shelf and were low in the MIZ 
throughout the 4-year study period (Fig. 7). The distribution of CT and 
AT in the full water column showed that the lowest values occurred in 
the fresh PSW and PSWw layers (Fig. 5d-e; Table 1). Values generally 
increased with depth to the highest CT in AIW and highest AT occurred in 
Atlantic Water. Inter-annual variability was found in the upper 500 m 
(Fig. 5d-e). Highest average surface water CT and AT of ~2006 μmol 

Fig. 3. The background ice map shows the average ice concentration in August and September for each study year (2014–2017). The colored circles show the station 
locations. Circle size indicates the sea ice concentration in the last 30 days (average from daily sea ice concentration data from the Advanced Microwave Scanning 
Radiometer 2). Circle color indicates the sea ice concentration trend in the last 30 days (linear trend in ice concentration in the last 30 days, if the r2 was < 0.2 the 
trend was set to 0): Green – no trend, blue – increase and red – decrease. Isobaths were derived from the International Bathymetric Chart of the Arctic Ocean (IBCAO) 
bathymetry and the Matlab toolbox m_map was used for mapping. (For interpretation of the references to color in this figure legend, the reader is referred to the web 
version of this article.) 

E.M. Jones et al.                                                                                                                                                                                                                                



Progress in Oceanography 199 (2021) 102708

10

kg− 1 and ~2215 μmol kg− 1, respectively, occurred in 2015 (Fig. 7). 
Conversely, the lowest average sea surface CT and AT of ~1962 μmol 
kg− 1 and ~2157 μmol kg− 1, respectively, occurred in 2016. Relative to 
the 4-year average (Table 1), Atlantic Water had higher CT (~2165 
μmol kg− 1) and AT (~2320 μmol kg− 1) in 2015 and lower AT (~2313 
μmol kg− 1) in 2016 and 2017, which also includes large spatial vari
ability in each sub-region. 

The variability of Ω in the water column showed highest values (Ω >
2) in the PSW and PSWw (Fig. 6) and a saturated water column (Fig. 5f) 
(Ω > 1) in the upper 2000 m. Surface water Ω ranged between 1.87 and 
2.65 with higher values occurring in eastern Fram Strait and the 
northern shelf and lower values in the MIZ (Fig. 8). Values decreased 
with depth to ~1.68 in Atlantic Water and ~1.20 in AIW (Table 1). 
Compared with the other regions, AIW in the MIZ was found deeper and 
over a wider range from 700 m to 2630 m and had more variable Ω of 
1.16 ± 0.10. The saturation horizon (Ω = 1) was located within the 
depth range 1800–2240 m in the Nansen Basin and near-saturation of 
aragonite 0.98 was found at the discrete depths of 2237, 2410 and 2431 
m at 81.3–82.1◦N, 15.2–15.5◦E in the MIZ. Inter-annual variability in Ω 
in the upper 500 m (Fig. 5f) showed that surface waters in 2015 had 
higher Ω of ~2.26 compared with lower average values of ~2.05 in 
2016 (Fig. 8). Relative to the 4-year average (Table 1), Ω in Atlantic 

Water varied from ~1.78 in 2014 to ~1.65 in 2016 and 2017. 

3.3. Air-sea CO2 fluxes 

Surface waters were strongly undersaturated with pCO2 142–302 
µatm with respect to atmospheric CO2 (pCO2 range 380–389 ± 1 µatm) 
across all regions and all years (Fig. 8). Warmer waters of eastern Fram 
Strait generally had the least undersaturation (ΔpCO2 ~ − 90 μatm) and 
strongest CO2 undersaturation (ΔpCO2 ~ − 240 μatm) occurred in the 
MIZ and ice-influenced waters over the shelf. Atmospheric CO2 sink 
potential in the MIZ was greatest out of all regions and the air-sea CO2 
flux varied between − 28.9 mmol m− 2 day− 1 in 2014 and − 9.3 mmol 
m− 2 day− 1 in 2016. However, these potentially strong CO2 sinks were 
dampened by 48–89% sea ice cover (Figs. 2 and 8). 

In 2014, regional ΔpCO2 was on average − 169 μatm and, combined 
with higher monthly wind speeds, created the strongest regionally 
averaged CO2 fluxes of − 20.4 mmol m− 2 day− 1, i.e. substantial CO2 
sinks, out of the 4-year study period (Table 2). Due to the greater extent 
sea ice in 2014, ice-scaled CO2 fluxes were reduced the most by ~35% to 
an average of − 13.3 mmol m− 2 day− 1 (Fig. 8). In 2015, surface waters 
were least CO2-undersaturated with average ΔpCO2 of about − 158 μatm 
and associated fluxes and ice scaled fluxes were − 12.6 and − 9.5 mmol 

Fig. 4. Surface water temperature (◦C), practical salinity and chlorophyll (mg m− 3) across the region in 2014, 2015, 2016 and 2017. The Matlab toolbox m_map was 
used for mapping. 
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m− 2 day− 1, respectively. In 2016, ΔpCO2 was on average − 179 μatm 
and weakest monthly wind speeds yielded the lowest oceanic uptake of 
atmospheric CO2 with a flux of − 11.1 mmol m− 2 day− 1. Fluxes were 
reduced by ~22% to an average of − 8.6 mmol m− 2 day− 1 due to ice 
cover. Greatest sea surface CO2 undersaturation in 2017 yielded average 
ΔpCO2 of − 180 μatm and fluxes of − 15.0 mmol m− 2 day− 1. Accounting 
for sea ice cover, air-sea CO2 fluxes were reduced to an average of − 11.5 

mmol m− 2 day− 1. The regionally-averaged supply of CT to the mixed 
layer (ΔCT flux) as a result of atmospheric CO2 drawdown varied from 
highest ~21 μmol kg− 1 month− 1 in 2014 to lowest ~12 ± 4 μmol kg− 1 

month− 1 in 2016 (Table 2). 

Fig. 5. Profiles of (a) potential temperature (θ, ◦C), 
(b) practical salinity, (c) stable oxygen isotopic ratio 
(δ18O;‰), (d) CT (μmol kg− 1), (e) AT (μmol kg− 1), (f) 
Ω, (g) NO3 (μmol kg− 1), (h) PO4 (μmol kg− 1), (i) Si 
(OH)4 (μmol kg− 1) in the upper 1000 m of the water 
column during late summer in 2014 (dark blue 
dots), 2015 (light blue dots), 2016 (green dots) and 
2017 (yellow dots) in all sub-regions. (For inter
pretation of the references to color in this figure 
legend, the reader is referred to the web version of 
this article.)   
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3.4. Inorganic nutrients 

Water column concentrations of nitrate (NO3), phosphate (PO4) and 
silicate (Si(OH)4) ranged from 0–16.3 μmol kg− 1, 0–1.16 μmol kg− 1 and 
0–13.3 μmol kg− 1, respectively (Fig. 5g-i). Lowest concentrations of all 
macronutrients were found in the PSW and PSWw (Table 1) and 
depleted NO3 occurred in surface waters in all sub-regions. Concentra
tions of all macronutrients typically increased with depth to the Atlantic 
Water (Fig. 5g-i). Highest NO3 (15–16 μmol kg− 1) and Si(OH)4 (12–13 
μmol kg− 1) characterised the AIW. Inter-annual variability all macro
nutrients occurred in the upper 500 m. Relative to the 4-year average, 
Atlantic Water had lower Si(OH)4 (4.12 ± 1.48 μmol kg− 1) and NO3 
(9.23 ± 4.29 μmol kg− 1) in 2014 (n = 541) and conversely higher Si 
(OH)4 (4.98 ± 1.11 μmol kg− 1) and NO3 (11.55 ± 2.82 μmol kg− 1) in 
2015 (n = 168). In 2014 and 2015, elevated concentrations of NO3 and 
Si(OH)4 were found in the AIW. In 2014, PO4 was higher between 100 m 
and 500 m. 

3.5. Chlorophyll 

In 2014, average sea surface chlorophyll concentrations were 0.78 ±
0.43 mg m− 3 (n = 46) with highest concentrations up to 1.73 mg m− 3 in 
eastern Fram Strait (Fig. 4). In 2015, surface water chlorophyll was 
highest relative to the other years, with average concentrations of 1.14 
± 0.99 mg m− 3 (n = 27) and maximum values up to 4.03 mg m− 3 in the 
MIZ. Surface waters in 2016 and 2017 had lower concentrations relative 
to the 4-year study period, with lowest regionally averaged values of 
0.51 ± 0.29 mg m− 3 (n = 13) in 2016. The reduced chlorophyll across 
the shelf regions in 2014, 2016 and 2017 is likely associated with the 
timing of the sea ice retreat that happened later due to the greater sea ice 

cover (2014) and rapid transition from ice-covered waters during early 
August to recently exposed surface water by early September (2016 and 
2017). 

3.6. Physical-chemical coupling and biogeochemical cycling 

Values of δ18O exhibited variability relative to salinity, particularly 
in the surface layer (Fig. 9a), however average δ18O in the key water 
masses had little difference (0.28–0.55‰; Table 1) as a result of the 
dominant oceanic δ18O signal. Water column δ18O was comparatively 
higher and lower in 2015 and 2017, respectively. In the surface layer, 
negative δ18O values predominantly occurred in PSW and indicate a 
stronger influence of meteoric water (glacial meltwater, precipitation, 
river runoff, rain). Positive δ18O values occurred in PSWw and indicate 
that sea-ice meltwater is the predominant freshwater source. Lower δ18O 
reported in sea ice, and subsequently in sea ice meltwater, can also occur 
due to snow meltwater percolating the ice pack and localised riverine 
influence (Fransson et al., 2020). The δ18O signature of freshwater was 
estimated as − 2.00 ± 0.73‰ (r2 = 0.10, p < 0.01, n = 104) from the 
salinity-δ18O relationship in the mixed layer. This value is a composite of 
the regional values of δ18OS=0 that varied from − 5.59‰ in Hinlopen 
Strait to − 0.88‰ in the MIZ (Table 4). Across all regions, AT and CT 
closely followed the variations in salinity (Fig. 9b). The correlation be
tween AT and salinity in the upper 20 m yielded AT = 60.6S + 205 (r2 =

0.93, se = 35 μmol kg− 1, p < 0.01, n = 240). The correlation between CT 
and salinity in the upper 20 m yielded CT = 55.76S + 160 (r2 = 0.84, se 
= 52 μmol kg− 1, p < 0.01, n = 238). These relationships reveal evidence 
of freshwater endmembers for AT and CT with regionally-averaged 
values of 205 ± 35 μmol kg− 1 and 160 ± 52 μmol kg− 1, respectively; 
composite values of the AT and CT freshwater endmembers estimated per 
sub-region (Table 4). 

The relationships of [CO3
2− ], Ω, pHT and pCO2 show variable pat

terns across a range of salinities in the different water masses (Fig. 9c-f). 
At lower salinities, the variables become more decoupled. Highest 
[CO3

2− ] of ~175 μmol kg− 1 and maximum Ω of 2.65 were found in the 
warmer surface layer of PSWw. Highest pHT (8.42) and lowest pCO2 of 
~140 μatm (most undersaturated with respect to atmospheric CO2) 
were concurrent with lowest CT and AT in the fresh, colder PSW. Higher 
pCO2 (400–430 μatm) and generally lower pHT (8.01–8.21) occurred 
with highest CT and AT in the warm and saline Atlantic Water. Lowest 
[CO3

2− ] of ~91 μmol kg− 1 and, through chemical proportionality, 
lowest Ω of ~1 were concurrent with pHT around 8.01 in the CT-rich and 
colder, fresher AIW. Inter-annual variability can be seen in the upper 
layers where surface water [CO3

2− ], Ω and pHT were generally higher in 
2014 and 2015 and lower in 2016. In 2015, surface waters were char
acterised by highest δ18O, [CO3

2− ], Ω, pHT and lowest pCO2 relative to 
the other years. 

All water column data yielded nutrient uptake ratios for C:N of 11.3 
± 0.3, N:P of 17.5 ± 0.1 and Si:N of 0.4 ± 0.0 by late summer (Fig. 10; 
Table 5). Some interesting features with significant relationships can be 
identified: (i) relative to the whole water column, mixed layer C:N was 
elevated at 31.0 ± 3.3 and N:P was lower at 10.0 ± 0.3 ; (ii) Atlantic 
Water ratios of C:N were much lower at 5.3 ± 0.2 and N:P was higher at 
18.8 ± 0.2 compared with mixed layer ratios; (iii) the Si:N ratio in AIW 
was higher at 1.4 ± 0.1 relative to the whole water column. Inter-annual 
variability in the nutrient ratios showed higher N:P ratios, driven by 
relatively high NO3 concentrations with respect to PO4, in 2015 
(Fig. 10a). Lower Si:N uptake ratios in 2014 reflect reduced biological 
production in the colder, ice-covered waters (Fig. 10b). Higher C:N 
uptake ratios in 2014 and 2017 resulted from a comparatively CT-rich 
water column (Fig. 10c). Uptake ratios of Si:N were elevated at higher 
concentrations and relatively silicate-rich AIW in 2017. These reveal 
different stoichiometry between water masses and deviations from the 
Redfield ratio (Redfield et al, 1963). Highest chlorophyll concentrations 
(>3 mg m− 3) were frequently associated with near-depleted NO3 in the 
mixed layer (Fig. 10d). 

Fig. 6. Potential temperature (θ, ◦C) plotted against practical salinity for all SI- 
ARCTIC and CarbonBridge CTD stations 2014–2017 (black open circles) and for 
those with ocean acidification variables (shaded based on Ω values) delineating 
Polar Surface Water (PSW), warm Polar Surface Water (PSWw), Atlantic Water 
(AW) and Arctic Intermediate Water (AIW) following Rudels et al. (2005) and 
Pérez-Hernández et al. (2017). 
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3.7. Major controls on regional ocean acidification states 

The inter-annual variability in mixed layer Ω during late summers 
2014 to 2017 is driven by physical and biogeochemical processes, which 
are intrinsically linked to the meteorological, oceanographic and sea ice 
conditions, that generated Ω anomalies each year relative to the 4-year 
average. Despite the spatial variability in year-to-year sampling within 
each subregion (except for Hinlopen Strait), distinct regional traits in Ω 
and inter-annual variability in ΔΩ anomalies could be identified. During 
the 4-year study period, biological production/respiration, formation/ 
dissolution of biotic and abiotic calcium carbonate minerals (aragonite, 
calcite, ikaite), mixing and advection of water masses dominated the 
variability in Ω (Fig. 11). Air-sea CO2 exchange and the influence of 

freshwater containing AT and CT also played important roles. Effects of 
changes in salinity and temperature were minor. 

From a regional perspective, eastern Fram Strait and the MIZ dis
played the greatest and smallest range in ΔΩ anomalies, respectively 
(Fig. 11a). Eastern Fram Strait is strongly influenced by Atlantic Water 
inflow and varying sea ice cover and the MIZ had consistent ice cover, 
although a wider regional extent. The northern shelf and Hinlopen Strait 
exhibited similar patterns in the ΔΩ anomalies, both being Svalbard 
shelf systems along the Atlantic Water inflow pathway. Key controls of 
ΔΩ, as determined from the largest inter-annual ranges (Fig. 11a) and 
greatest relative proportions (Fig. 11b), were ΔΩCaCO3 (− 0.05 to 0.03; 
up to 62% of the total ΔΩ) over the northern shelf; ΔΩCaCO3 (− 0.12 to 
0.06; up to 52% of the total ΔΩ) in eastern Fram Strait; ΔΩbio (− 0.05 to 

Fig. 7. Surface water CT (μmol kg− 1) and AT (μmol kg− 1) across the region in 2014, 2015, 2016 and 2017. The Matlab toolbox m_map was used for mapping.  
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0.06; up to 45% of the total ΔΩ) in Hinlopen Strait; ΔΩbio (− 0.03 to 
0.03; up to 35% of the total ΔΩ) in the MIZ. 

In 2014, photosynthesis/respiration was the key driver of Ω anom
alies, representing 1–45% of the total ΔΩ with ΔΩbio ranging between 
0 and − 0.05 as a result of anonymously low biological production 
relative to the other years. In 2015, photosynthesis/respiration and 
CaCO3 processes were important with positive ΔΩbio of 0.01–0.06 
(7–45% of the total ΔΩ) in response to higher primary production and 
ΔΩCaCO3 ranging between − 0.04 and 0.06 (13–52% of the total ΔΩ) due 
to anonymously low and high CaCO3 dissolution, respectively. Advec
tion was also important as ΔΩadv ranged between − 0.02 and 0.06 
(9–27% of the total ΔΩ) as a result of mixing of waters with lower 
(fresher Arctic) and higher (saline Atlantic) Ω values, respectively. 
Anomalies in 2016 were driven reduced CaCO3 dissolution with 
ΔΩCaCO3 ranging between − 0.12 and 0.01, representing 13–34% of the 
total ΔΩ. In 2017, vertical mixing dominated the inter-annual vari
ability and accounted for 27–58% of the total ΔΩ with ΔΩmix from 
− 0.15 to − 0.04 due to the instantaneous imprint of low-Ω Atlantic 
Water into the mixed layer. 

4. Discussion 

4.1. Ice-covered Arctic regime and increased surface water acidification 

The sea ice conditions during the 4-year study period displayed inter- 
annual variability that reflects the coupled ice-ocean system of the 
Atlantic Water inflow region (Ivanov et al., 2018). The greatest extent of 
summer sea ice in 2014 and more southerly ice edge at ~80◦N resulted 
in a reduced amount of light incident on surface waters, thus limiting the 
length of the growing season. This resulted in strong negative ΔΩbio 
(− 0.05 to − 0.01) as a result of anomalously low biological production in 
the Arctic-like conditions across the region in 2014. The occurrence of 
non-depleted macronutrients and higher C:N uptake ratios, accompa
nied by lower chlorophyll concentrations (<1 mg m− 3), indicated that 
phytoplankton production and biological CO2 fixation were in an early 
phase in 2014. The delayed progression in primary production and 
comparatively high CT (~2009 μmol kg− 1) in the surface layer lessened 
the extent of biologically-enhanced Ω by late summer. This emphasises 
the importance of sea ice retreat and meltwater-driven stratification for 
summer carbon and nitrate drawdown in this region (Leu et al., 2011; 

Fig. 8. Surface water Ω, ΔpCO2 (μatm) and sea-ice scaled air-sea CO2 flux (mmol m− 2 day− 1) across the region in 2014, 2015, 2016 and 2017. The Matlab toolbox 
m_map was used for mapping. 
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Randelhoff et al., 2018; Henley et al., 2020). 
Extensive sea ice cover likely restricted widespread wind-driven 

mixing and subsequently reduced nutrient replenishment from under
lying Atlantic Water. South of the ice edge, surface waters along the 
inflow shelves were relatively warm (θ ~ 2.9 ◦C) and saline (S ~ 33.0) 
and exhibited a greater proportion of PSWw (relative to PSW) and an 
absence of significant meltwater effects. The subsurface Atlantic Water 

mixed into the weakly stratified mixed layer and elevated AT (~2226 
μmol kg− 1), relative to CT, resulting in increased buffering capacity. 
Therefore, ice-free surface waters had higher [CO3

2− ] of ~151 μmol 
kg− 1 and Ω of ~2.28, relative to the 4-year average for PSWw. Negative 
ΔΩCaCO3 anomalies as low as − 0.05 were prevalent across the whole 
region (except for Hinlopen Strait) in 2014. This signal of less CaCO3 
dissolution resulted in anomalously low [CO3

2− ] that acted to lower 

Fig. 9. Relationships between practical salinity and 
(a) δ18O (‰) with surface layer samples highlighted 
(black open circles), (b) AT (μmol kg− 1) and CT, (c) 
[CO3

2− ], (d) Ω, (e) pHT, (f) pCO2 during late sum
mer in 2014 (dark blue dots), 2015 (light blue dots), 
2016 (green dots) and 2017 (yellow dots) in all sub- 
regions. Atlantic Water is highlighted (black open 
circles) in (b)-(f). (For interpretation of the refer
ences to color in this figure legend, the reader is 
referred to the web version of this article.)   
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surface water Ω. This was particularly evident in eastern Fram Strait and 
over the northern shelf. This could result from less CaCO3 dissolution 
from in situ and/or advected shells and skeletons of pelagic calcifiers 
(Chierici et al., 2019), which constitute a geochemical buffer and are 
discussed further in section 4.3. Less meltwater influence and subse
quent reduction in ice-derived CaCO3 (ikaite) is likely to play a minor 
role, discussed further in Section 4.4. 

Surface waters in 2014 had greatest potential for oceanic uptake of 
atmospheric CO2 with average fluxes of − 20.4 ± 5.9 mmol m− 2 day− 1, 
driven by lower CT in the wider expanse of cold and fresh ice-influenced 
waters. Although chlorophyll concentrations were not as high as those 
reported during the spring bloom in the area (Randelhoff et al., 2018), 
likely CO2 drawdown from both under-ice blooms by the haptophyte 
algae Phaeocystis pouchetii (Assmy et al., 2017) and in open water was 
evident from near-depleted nitrate and reductions in CT. However, the 
larger areal extent of summer sea ice cover is expected to have inhibited 
air-sea CO2 exchange, depending on the number of cracks, leads and 
degree of permeability of decaying sea ice (Loose et al., 2009; Fransson 
et al., 2017). As such, drawdown of atmospheric CO2 predominantly 
occurred in the surface waters that were recently exposed and pre
dominantly ice-free, e.g., eastern Fram Strait. Despite similar ranges in 
the degree of CO2 undersaturation in seawater (ΔpCO2 between − 243 

Fig. 10. Relationships between (a) NO3 (μmol kg− 1) and PO4 (μmol kg− 1), (b) Si(OH)4 (μmol kg− 1) and NO3 (μmol kg− 1), (c) CT (μmol kg− 1) and NO3 (μmol kg− 1), 
(d) NO3 (μmol kg− 1) and chlorophyll (mg m− 3), during late summer in 2014 (dark blue dots), 2015 (light blue dots), 2016 (green dots) and 2017 (yellow dots) in all 
sub-regions. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.) 

Table 5 
Linear regression relationships for (1) nutrient uptake ratios between inorganic 
carbon (C), nitrate (N), phosphate (P) and silicate (Si) in the full water column, 
mixed layer and key water masses and (2) aragonite saturation state (Ω) and 
freshwater fraction (FW) in the surface layer. Regression analysis information: 
gradient ± standard error (se), r2, p value and n number of observations for 
statistically significant relationships.  

Linear regression relationship Gradient ± se r2 p n 

C/N 11.3 ± 0.3  0.70 ≪0.01 873 
C/N mixed layer 31.0 ± 3.3  0.28 ≪0.01 226 
C/N Atlantic Water 5.3 ± 0.2  0.73 ≪0.01 402 
N/P 17.5 ± 0.1  0.96 0.00 1462 
N/P mixed layer 10.0 ± 0.3  0.73 ≪0.01 394 
N/P Atlantic Water 18.8 ± 0.2  0.94 0.00 113 
Si/N 0.41 ± 0.0  0.75 0.00 1471 
Si/N Arctic Intermediate Water 1.4 ± 0.1  0.59 ≪0.01 113 
Ω/FW surface layer 2014 − 0.028 ± 0.006  0.71 <0.01 12 
Ω/FW surface layer 2015 − 0.016 ± 0.005  0.25 <0.01 30 
Ω/FW surface layer 2016 − 0.025 ± 0.006  0.56 <0.01 16 
Ω/FW surface layer 2017 − 0.026 ± 0.008  0.34 <0.01 22  
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μatm and − 93 μatm) in all years, notably stronger CO2 fluxes of − 13.3 ±
5.7 mmol m− 2 day− 1 in 2014 resulted from higher wind speeds (7.4 ±
4.4 m s− 1, with gusts up to 19.7 m s− 1) relative to the other years. The 
strongest oceanic sink of atmospheric CO2 of 20.5 mmol m− 2 day− 1 

during the 2014–2017 study period was found in eastern Fram Strait in 
2014. This intense CO2 drawdown resulted from localised processes that 
created higher AT, from Atlantic Water intrusions, coupled with reduced 
CT, from phytoplankton uptake, in cooler and fresher surface waters. 
Thereby, an anomalously high influx of CO2 into the mixed layer 
induced decreases in Ω (ΔΩflux of − 0.07) to represent a key driver of 
inter-annual variability in Ω in eastern Fram Strait. 

Arctic conditions of cold, fresh PSW and summer sea ice cover 
characterised the MIZ each year, which was a biogeochemically distinct 
sub-region with the least inter-annual variability in ΔΩ anomalies. With 
the icescape shifting from consolidated pack, rapid ice retreat and sea- 
ice melt, the MIZ exhibited the greatest range in freshwater fractions 
up to ~15 % out of all the regions. Combined with the naturally low 
[CO3

2− ] ~ 120–150 μmol kg− 1 of Arctic waters, additions of sea-ice and 
snow melt (δ18O of − 0.09‰) created lower Ω values ~1.9–2.3 across the 
MIZ. This was especially evident in 2016, where the degree of aragonite 
saturation was lowered to the 4-year minimum of 1.87 as forced by low 
[CO3

2− ] of 123 μmol kg− 1 in cold (θ of − 1.23 ◦C) and relatively fresh (S 
~ 31.3) PSW. The fresh meltwater with a lower AT (~205 μmol kg− 1) 
signature compared with surface seawater AT (~2100 μmol kg− 1) 
exerted a physical (low salinity) and geochemical (low [CO3

2− ]) 
decrease on Ω, which can result in meltwater-induced acidification 
(Chierici and Fransson, 2009; Fransson et al., 2013, 2015). 

The variations in δ18O in the surface layer revealed spatio-temporal 
dynamics in freshwater inputs from earlier sea ice melt and Atlantic 
Water influence (in 2015) to recent sea ice melt and enhanced meteoric 
influences (in 2016 and 2017). The spatial variability in the freshwater 
δ18O signature results from the greater influences of glacial meltwater 

and river runoff in the coastal areas of Hinlopen Strait (average δ18O S=0 
of − 5.59‰) and along the northern shelf (average δ18OS=0 of − 3.30‰). 
The freshwater signal in the MIZ reflected less meteoric influence 
(average δ18OS=0 of − 0.88‰) and results from greater inputs from 
melting sea ice where fractionation in δ18O occurs during sea ice for
mation relative to the source seawater. Further fractionation during 
evaporation and precipitation leads to snow and rain becoming 
increasingly depleted in δ18O relative to seawater. Compared with δ18O 
values ranging from − 16 to − 9.8‰ in glacial ice, − 17.5 to − 5.5‰ in 
snow and − 8.04 to 2.69‰ in sea ice near Tempelfjorden, west Spits
bergen (Fransson et al., 2015, 2020), the δ18O signature of freshwater 
(average δ18OS=0 of − 2.00‰) of the northern Svalbard shelf and 
Atlantic Arctic region is largely sea ice melt, with localised influences of 
glacial meltwater and snow melt, superimposed onto the background 
oceanic δ18O signal. The estimated freshwater fraction of AT indicated 
that there was a small and spatially-varying AT source. Freshwater AT of 
~186–192 μmol kg− 1 in eastern Fram Strait and the northern shelf likely 
result from advected CaCO3 shells and subsequent incorporation into 
locally-forming sea ice along the Atlantic Water inflow (Chierici et al., 
2019). The higher freshwater AT component of ~360 μmol kg− 1 in the 
MIZ is likely to be a composite signal of dissolution of advected biotic 
CaCO3 and greater influence of abiotic CaCO3 from sea ice (Fransson 
et al., 2015). Much higher AT of ~1000 μmol kg− 1 in freshwater end
members derived from runoff from Siberian rivers (Fransson et al., 2001; 
Cooper et al., 2008) could become incorporated into sea ice forming 
over the Siberian shelf that is subsequently imported and melted in the 
MIZ north of Svalbard. The regionally-averaged freshwater AT of ~205 
μmol kg− 1 determined for the Atlantic-Arctic region in 2014–2017 may 
reflect the large variability of AT in sea ice and integrate signals of 
dissolution of northward advected CaCO3 shells (Chierici et al., 2019) 
and terrestrial dissolved minerals in glacial meltwater, i.e., more rele
vant for Hinlopen Strait and the northern shelf waters (Fransson et al., 

Fig. 11. Anomalies in Ω (ΔΩ = Ωobs − Ωave) in late summer from mean values in the mixed layer (upper 20 m) in each observation year (Ωobs) relative to the 4-year 
average (Ωave) in (a) and relative contribution (ΔΩ %) in (b) due to changes in air-sea CO2 flux (ΔΩflux; light grey), salinity (ΔΩsal; red), temperature (ΔΩtemp; light 
blue), photosynthesis/respiration (ΔΩbio; green), CaCO3 mineral formation/dissolution (ΔΩCaCO3; dark blue), mineral content of freshwater (ΔΩFW; yellow), 
advection (ΔΩadv; grey) and mixing (ΔΩmix; black) and for each sub-region: eastern Fram Strait, northern shelf, Hinlopen Strait and the Marginal Ice Zone (MIZ). (For 
interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.) 
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2015, 2020; Ericson et al., 2018, 2019a). The freshwater endmember is 
similar in magnitude to 315 μmol kg− 1 as estimated for sea-ice melt by 
Chierici et al. (2019) and would constitute a minor buffer against dilu
tion effects in surrounding surface seawater across the region. 

In the years of earlier (2015) and rapid (2016, 2017) sea ice retreat in 
the MIZ, dilution effects reduced CT and AT with net increases in Ω from 
positive ΔΩsal anomalies of ~0.01. These salinity effects were accom
panied by positive ΔΩFW anomalies of ~0.02 that accounted for about 
13% of the total ΔΩ in the MIZ and suggest that ice-derived carbonate 
ions from ikaite dissolution played a minor but consistent role in sup
plying AT to surface waters. As sea-ice meltwater was the dominant 
freshwater source to the region, AT of 205 μmol kg− 1 included contri
butions from CaCO3 within the ice, i.e. ikaite. It is expected that any 
ikaite in the ice would dissolve during melting and analysis (Fransson 
et al., 2020 and references therein) and, therefore, that the majority of 
the AT sourced from ikaite is transferred from the ice to surface waters, 
enhancing surface water Ω and buffering against meltwater-induced 
acidification. In comparison, the negative ΔΩFW anomaly (− 0.02) rep
resenting 20% of the total ΔΩ in the MIZ in 2014 signals the opposing 
effect of less sea ice melt and thus less ice-derived carbonates in late 
summer surface waters of the MIZ. Furthermore, decreases in AT due to 
dilution effects were slightly counteracted by increases in AT as a result 
of photosynthetic CO2 uptake (positive ΔΩbio) and CaCO3 dissolution 
(positive ΔΩCaCO3). 

Significant relationships between freshwater fractions and Ω in sur
face waters (Table 5) showed that for a 10% increase in freshwater, 
surface waters with Arctic-like conditions (2014) experienced a reduc
tion in Ω of 0.28 compared with Atlantic-like (2015) conditions where 
surface water Ω was reduced by 0.16 (Fig. 12). For the years 2016 and 
2017, the transition from ice covered to ice free waters revealed that 
reductions in surface water Ω were slightly lower than those in 2014 
with rates of 0.025/FW% and 0.026/FW%, respectively (Table 5). These 
values fall within the ranges of reductions in summer surface water Ω 
reported for fjords of west Svalbard: Isfjorden (0.009/FW%; Ericson 
et al., 2019b) and Kongsfjorden (0.7/FW%; Fransson et al., 2016). The 
warmer, more Atlantic-like conditions in 2015 showed that freshwater 
exerted the smallest control on late summer surface water Ω, whereby a 
freshwater contribution of ~88% would lead to lowering of Ω to acid
ification levels. Contrastingly, the colder, fresher surface waters in 2016 
were more vulnerable to lower Ω as freshwater contributions of ~48% 
could drive acidification of surface waters. 

The signature of low Ω, from the naturally low [CO3
2− ], is typical of 

Arctic waters influenced by melting sea ice and meteoric waters where 
surface water acidification has already been documented across the 
Arctic (e.g., Chierici and Fransson, 2009; Yamamoto-Kawai et al., 2009). 
Future warming is suggested to have significant impacts on freshwater 
fluxes in the Arctic region through increased sea-ice melt and glacial 
meltwater release (Fransson et al., 2016; Hopwood et al., 2020). Greater 

Fig. 11. (continued). 
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runoff is likely to contribute dissolved minerals of terrestrial origin and 
sediments, which will reduce light availability and limit primary pro
duction in the surrounding coastal waters. In addition, more organic 
matter is likely to be transport and released, which will elevate CO2 in 
the water column upon remineralisation. Future changes with more 
freshwater and oceanic uptake of atmospheric CO2 result in lowering of 
Ω that enhances the vulnerability of organisms such as the pteropod 
L. helicina in the Svalbard and Arctic Ocean region. 

4.2. Atlantic-like regime and biologically-driven effects on acidification 
states 

Highest surface layer Ω (2.26 ± 0.14), with maximum values of 2.65 
along the northern shelf, occurred in the relatively warm and low-ice 
summer of 2015. The elevated degree of aragonite saturation across 
all regions constituted physical, biological and biogeochemical buffers 
against ocean acidification. The ice edge at ~82◦N was approximately 
110 km farther north than in 2014 and thus exposed surface waters to 
solar heating and favourable light levels for a longer duration by late 
summer. Compared with the other years, the water column in 2015 was 
less stratified with reduced meltwater influence and increased wind- 
driven mixing in the larger expanse of open water. A more saline sur
face layer with salinity of ~32.98 and elevated δ18O of ~0.45‰ in 2015, 
compared to 2016 (S of ~32.37 and δ18O of ~0.11) and 2017 (S of 
~32.64 and δ18O of ~− 0.02), traced the greater influence of Atlantic 
Water on the surface layer. The PSWw was more widespread with 
generally higher temperatures in the upper water column. The Arctic- 
like PSW was localised to the upper 100 m only in the northern ice- 
covered MIZ. The inter-annual Ω variability in the mixed layer in 
2015 was strongly driven by phytoplankton production and biological 
fixation of CT into organic matter, with ΔΩbio ranging from 0.01 to 0.06 
and accounting for ~25% of the total ΔΩ in the sub-regions except Fram 
Strait. Chlorophyll concentrations up to 4.03 mg m− 3 indicated ongoing 
late-summer phytoplankton production with associated increases in 
[CO3

2− ] and in Ω. 
The uptake and cycling of CT, NO3 and PO4 were generally closely 

coupled, with deviations at lower respective concentrations due to the 
overconsumption of carbon, and PO4, at near-depleted NO3. This was 
reflected in the annually high C:N uptake ratios (>20) in the mixed layer 

that result from ongoing CT drawdown under low NO3 or NO3 limiting 
conditions, as reported during seasonally-resolved studies in a west 
Svalbard fjord (Ericson et al., 2019b). Comparatively lower C:N and 
higher N:P uptake ratios in 2015 are indicative of later stage bloom 
conditions where NO3 re-supply and recycling through organic matter 
remineralisation alleviates transient limitation to sustain CT drawdown. 
The variation of inorganic carbon and nutrient cycling from different 
water mass contributions has previously been reported by Frigstad et al. 
(2014) who found lower C:N uptake ratios of 6.7 in Atlantic Water re
gimes compared to 7.9 for Arctic waters in the Barents Sea. Similarly, 
Ericson et al. (2019b) found lower C:N of 6.6 ± 0.5 with greater pro
portions of Atlantic Water compared with C:N ratios of 8.7 ± 0.6 with 
more Arctic water in a west Svalbard fjord. The C:N uptake ratios in 
Atlantic Water influenced regions exceed the classical Redfield stoichi
ometry (Redfield et al. 1963), with respect to carbon, also reflect air-sea 
CO2 uptake and the influx of CT into surface waters during drawdown of 
atmospheric CO2. 

Concentrations of Si(OH)4 were usually above 0 μmol kg− 1 in 
contrast to depleted NO3, yielding Si:N uptake ratios of 0.33 in the 
mixed layer. This is indicative of the drawdown of macronutrients from 
non-siliceous phytoplankton species, such as the haptophyte Phaeocystis 
pouchetii, followed by changes in community composition and Si(OH)4 
uptake in diatom blooms (Assmy et al., 2017). The phytoplankton 
communities during late summer were likely diatom-dominated and 
acclimatised to warm, thermally-stratified and low-nutrient conditions 
(Le Fouest et al., 2011; Rainville et al., 2011; Oziel et al., 2017; Henley 
et al., 2020). The Atlantic Water inflow region can become nitrate 
limited during the growing season (Kattner and Becker, 1991; Ran
delhoff et al., 2018) whereby over-consumption of CT relative to nitrate 
commonly occurs (Chierici et al., 2011; Ericson et al., 2019b). The late- 
summer ecosystem could evolve into a nutrient-recycling state, whereby 
remineralisation takes place in the upper water column (Randelhoff 
et al., 2018) and rates of net community production decrease (Chierici 
et al., 2019). Mixing into subsurface Atlantic Water likely re-supplied 
the euphotic zone to alleviate any NO3 limitation (Randelhoff et al., 
2015; Slagstad et al., 2015; Tremblay et al., 2015), thus extending the 
growing season in 2015. This is opposite to findings of increased Atlantic 
Water, or modified Atlantic Water, resulting in reduced biological CO2 
uptake compared with earlier onset of the bloom and greater seasonal 

Fig. 12. Relationships between freshwater fraction (FW) and Ω in surface waters (upper 10 m) of eastern Fram Strait (open circles), Hinlopen Strait (triangles), 
northern shelf (downward triangles) and the MIZ (open squares) per year (2014, 2015, 2016, 2017). 
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drawdown in the presence of more Arctic water in Adventfjorden, west 
Svalbard (Ericson et al., 2019b). This likely results from a balance of the 
respective contributions of the low-CT (productive) and low-AT (fresher) 
Arctic waters versus the high-CT (anthropogenic CO2) and high-AT (sa
line) Atlantic Water. 

Positive ΔΩflux of 0.01–0.02 in all regions in 2015 reflects increased 
mixed layer Ω due to anomalously low atmospheric CO2 uptake. 
Incoming radiation and influence of warm Atlantic Water results in a 
thermodynamic increases in pCO2 and decreases in pHT in the surface 
layer (Millero, 2007; Takahashi et al. 1993). For a + 1 ◦C change in 
seawater temperature, pCO2 is raised by approximately 10 μatm 
(Takahashi et al. 1993). Thus, an increase of 0.5–2.5 ◦C in regionally- 
averaged surface water temperatures in 2015, relative to the other 
years, would be expected to raise pCO2 by ~5–25 μatm. Regionally- 
averaged surface water pCO2 had little variation in 2014, 2016 and 
2017 of 209–212 μatm in contrast to the highest regionally-averaged 
pCO2 of 227 μatm in 2015. Therefore, warmer Atlantic-like conditions 
exerted a small thermodynamic control on surface water pCO2 and a 
reduction in the air-sea CO2 gradient. Coupled to lower wind speeds, 
these effects weakened the amount of atmospheric CO2 uptake and 
resulted in less CO2 flux-driven increases in mixed layer CT. The extent of 
biological carbon drawdown in the advanced phase bloom conditions of 
2015 was also reflected by elevated pHT of 8.25 over the northern shelf. 
The biologically-driven CO2 undersaturation was slightly eroded in the 
warmer PSWw and Atlantic Water-influenced mixed layer relative to the 
stronger undersaturation (142 μatm) and higher pHT (8.40) that 
occurred in the coldest and freshest ice-influenced waters in the MIZ in 
2015. This natural spatial variability in 2015 was also reflective of the 
temporal variability in comparison to the generally colder, ice- 
influenced conditions of 2014, 2016 and 2017. 

Photosynthetic uptake of CO2 is a dominant control for biogeo
chemical cycling on a wider regional scale from the glacial meltwater- 
influenced fjords in west Spitsbergen (Fransson et al., 2016; Ericson 
et al., 2019a) and the Fram Strait region of the Atlantic Water inflow 
(Chierici et al., 2019) to the sea ice influenced Amundsen Gulf, Beaufort 
Sea (Chierici et al. 2011). Increases in primary production over recent 
decades have been attributed to reductions in the areal extent of sea ice 
that increase the phytoplankton productive season in the Atlantic Water 
inflow region and wider Arctic Ocean (Carmack et al., 2006; Wassmann 
et al., 2006; Arrigo and van Dijken, 2015). Warming, sea ice loss and 
increased advection of Atlantic Water, or “Atlantification”, has signifi
cantly altered the sea scape (Onarheim et al., 2014; Carmack et al., 
2015; Polyakov et al., 2017) where increased primary production 
(Reigstad et al., 2002; Slagstad et al., 2015) affects nutrient cycling 
(Henley et al., 2020), net community production and atmospheric CO2 
uptake (Chierici et al., 2019). A shift to an Atlantic-like regime as 
indicated by observations in 2015 is fundamental in creating more ice- 
free conditions that impacts the biological forcing (biological-physical 
“Atlantification”) on ocean acidification states in the Atlantic-Arctic 
Ocean. 

4.3. Atlantic-like regime and geochemical buffering against acidification 

The more Atlantic-like environment in 2015 shaped the biogeo
chemical characteristics of the surface layer as subsurface water 
increased AT by ~15–50 μmol kg− 1 to generate the highest regionally 
averaged values of 2215 ± 90 μmol kg− 1 during 2014–2017. The bal
ance of competing processes that influenced CT and AT supplied from 
incursions of Atlantic Water led to large spatio-temporal heterogeneity 
in Ω in the upper water column. Surface water Ω in 2015 exhibited the 
greatest range from 2.01 to 2.65 across the whole region compared with 
the other years. Enhanced AT from CaCO3 processes (ΔΩCaCO3; between 
− 0.04 and 0.06) and advection (ΔΩadv; between − 0.02 and 0.06) were 
key drivers and accounted for ~52% and ~27%, respectively, of Ω 
variability in 2015. Alongside biological production, these processes 
further contributed to increased Ω as buffers against acidification, i.e., 

geochemical “Atlantification”. 
Increases in mixed layer Ω from CaCO3 dissolution can occur from 

advection and mixing with different water masses where dissolution of 
biotic CaCO3, with contributions from abiotic CaCO3 (ikaite) from 
melting sea ice, has taken place (Rysgaard et al., 2012; Fransson et al., 
2013; Oziel et al., 2020). However, as sea ice had departed earlier in 
2015 (with the exception of the MIZ), contributions from ice-derived 
CaCO3 are envisaged to be to minor. The role of ikaite in the inter- 
annual variability in ΔΩCaCO3, particularly in the MIZ, is discussed in 
section 4.4. Calcifying phytoplankton, e.g., coccolithophores (calcitic 
tests), and zooplankton, e.g., pteropods (aragonitic shells), are ubiqui
tous in pelagic ecosystems (e.g., Bednaršek et al., 2019). The range of the 
coccolithophore Emiliania huxleyi has expanded northwards and these 
phytoplankton can maintain growth under low nutrient conditions 
(Hegseth and Sundfjord, 2008; Oziel et al., 2020). Calcifying 
zooplankton represent a large fraction of total zooplankton biomass and 
are major producers of CaCO3 and, together with coccolithophores, are 
important regulators of pelagic inorganic carbon fluxes (e.g., Berner and 
Honjo, 1981; Bednaršek et al., 2012). The chemical imprint of CaCO3 
dissolution results from local formation/dissolution or from the advec
tion of CaCO3 shells from upstream in the Atlantic Water inflow (Chierici 
et al., 2019; Oziel et al., 2020). The transport of pelagic organisms in the 
WSC and boundary current along the shelf to the west and north of 
Svalbard, which following dissolution, likely contributed to increased 
water column [CO3

2− ] up to 176 μmol kg− 1
. These processes led to 

positive ΔΩadv anomalies. The dominance of PSWw (4-year average Ω of 
2.08 ± 0.28) over PSW (4-year average Ω of 1.92 ± 0.34) in 2015 was 
key in driving higher Ω of 2.28 ± 0.14 in the warmer surface layer. 
Concomitant increased CT (4-year average 2158 ± 19 μmol kg− 1) and 
the impact of the low-Ω (4-year average 1.68 ± 0.22) signature of 
Atlantic Water likely resulted in an ephemeral offset to the biologically- 
driven increases in Ω. However, in the presence of NO3 supply and active 
late summer phytoplankton communities, ongoing CT uptake retained 
higher Ω. Contributing AT to productive waters enhances the buffering 
capacity (increased AT and decreased CT) and upholds elevated Ω. These 
processes of geochemical-physical “Atlantification” provide mecha
nisms to strengthen the buffer against acidification in Atlantic-like 
regimes. 

4.4. Acidification states in the transition from ice-covered to meltwater- 
influenced surface waters 

Relative to all 4 years, lowest surface water Ω of 2.05 ± 0.10 and 
2.11 ± 0.12 occurred in the colder and ice-influenced waters in 2016 
and 2017, respectively. The lower Ω was the result of numerous negative 
ΔΩ anomalies (except in the MIZ) that enhanced the vulnerability of the 
surface layer to acidification. The largest differences between positive 
and negative anomalies, i.e. ΔΩ amplitudes, were 0.20 in 2016 and 0.18 
in 2017, which resulted from competing processes driving both large 
increases and decreases in Ω. The corresponding ΔΩ amplitude in 2014 
was 0.09 and in 2015 was 0.10, reflecting the predominantly negative 
and positive anomalies in the respective years. Reductions in mixed 
layer Ω in 2016 and 2017 were driven by the dominance of negative 
ΔΩadv anomalies between − 0.10 and 0.01; up to ~38% of total ΔΩ. Sea 
ice covered most of the region in August 2016 and 2017, which resulted 
in a relatively delayed and rapid retreat of the ice pack by September 
and created a transitional Arctic-Atlantic domain. The lower average 
δ18O values, i.e, − 0.02 ± 0.30‰ in 2017, were indicative of snow melt 
(accumulated on sea ice) and glacial meltwater mixed into the larger 
background signal of sea-ice melt and seawater. The patterns in shifting 
ice cover and greater meltwater influence along the Atlantic Water 
inflow are reflected in the variability of AT and CT. Freshwater contri
butions were greatest in 2016 and 2017, which were accompanied by 
lowest surface water CT and AT (4-year minima found in 2016) of 1863 
µmol kg− 1 and 2061 µmol kg− 1, respectively. The greater control of 
salinity changes on AT, relative to CT, was reflected in [CO3

2− ] as surface 
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water concentrations were lowest at 135 ± 7 µmol kg− 1 in 2016 
compared with highest [CO3

2− ] of 149 ± 9 µmol kg− 1 in 2015. This 
resulted in anomalously low [CO3

2− ] to drive suppression of Ω in the 
sea-ice and meltwater-influenced conditions. 

In most regions in 2016 and 2017, the negative ΔΩadv anomalies 
were accompanied by small and negative ΔΩtemp anomalies (lowest of 
− 0.02). These temperature effects result from the imprint of recently 
ice-covered and meltwater affected surface waters. A decrease of 
~0.5 ◦C increases CT by ~3 μmol kg− 1 and thermodynamic reductions in 
Ω result as the solubility of aragonite increases in cooled seawater 
(Mucci, 1983). Counteracting the effects of temperature, small and 
positive ΔΩsal anomalies (up to 0.02) resulted from dilution of both CT 
and AT from the meltwater inputs. Reduced CT had the greater influence 
on the Ω resulting in net increased Ω. In 2016, anomalously low AT in
puts from CaCO3 processes (except in the MIZ) created ΔΩCaCO3 be
tween − 0.12 and − 0.04. Conversely in 2017, elevated AT generated 
positive ΔΩCaCO3 anomalies (except over the northern shelf) ranging 
from 0.01 to 0.03. The largest negative ΔΩCaCO3 anomalies in 2016 were 
found in the stratified waters recently influenced by sea ice melt and in 
eastern Fram Strait that show lower Ω from reduced CaCO3 dissolution 
relative to the 4-year average. This is likely to result from less Atlantic 
Water influence, as such the higher [CO3

2− ] from the breakdown of 
exported CaCO3 shells in subsurface waters was not integrated into the 
surface layer. 

The Arctic-like conditions in 2016 had greater stratification from 
recent meltwater inputs. PSW was confined to a shallow meltwater lens 
up to about 10 m deep and Atlantic Water was retained below ~50 m 
depth. Surface water CO2 was most undersaturated, with a regionally- 
averaged value of 209 ± 35 μatm in the colder surface waters. Howev
er, lowest wind speeds (5.3 ± 3.6 m s− 1) relative to the 4-year average 
weakened the oceanic sink for atmospheric CO2 to 11.1 ± 35 mmol m− 2 

day− 1, which indicated that some waters were a CO2 source in this re
gion, resulting in positive ΔΩflux anomalies (0.01–0.03), i.e. anoma
lously low CT inputs from the atmosphere. Advanced sea ice retreat and 
earlier onset of Atlantic-like conditions in 2016, relative to 2017, 
created a pulse of late summer phytoplankton production. Meltwater- 
induced stratification promoted phytoplankton production in favour
able light conditions to drive anomalously high biological carbon uptake 
(except over the northern shelf) with ΔΩbio of 0.02–0.08. The biological 
CT drawdown was a key control in decoupling the ocean acidification 
variables as, in contrast to [CO3

2− ] and Ω, the fresher surface waters 
were accompanied by higher pHT in 2016. The following year reflected a 
comparatively delayed phase, where the later retreat of the summer sea 
ice in 2017 had yet to lead to widespread freshening, therefore salinity- 
driven variations in [CO3

2− ], Ω and pHT were similar to those of ice- 
associated (more Arctic-like) waters in 2014. Conversely, anomalously 
low biological production (except in the MIZ) yielded ΔΩbio between 
− 0.05 and − 0.01. This biological effect reflects more Arctic-conditions, 
where a reduced light- and lower meltwater-driven biological response 
resulted in anomalously low Ω. 

Vertical mixing dominated the variability in mixed layer Ω in 2017 
(27–58% of total ΔΩ for all sub-regions) as intrusions of low-Ω Atlantic 
Water resulted in ΔΩmix between − 0.15 and − 0.04. Atmospheric forcing 
from warmer air temperatures and high wind speeds likely contributed 
to rapid degradation of the sea ice and resultant deeper mixed layers 
across the region. Recently open surface waters and wind-driven mixing 
allowed CT, AT and nutrients to infuse the upper water column. In
trusions of Atlantic Water (negating effects of increased AT supply) 
created strong, negative ΔΩmix anomalies across the whole region. The 
ΔΩmix anomalies likely represented a transitory scenario based on 
instantaneous depths of the active mixing layer at the time of sampling 
and the transfer of low-Ω Atlantic Water into the higher-Ω PSW/PSWw 
layers. The immediate effect is a ephemeral reduction in surface layer Ω. 
However, the supply of AT from the Atlantic Water (4-year average 
2317 ± 9 μmol kg− 1) acts as a geochemical buffer to offset this effect, 
which is accounted for in the advection estimates. As such, the small 

negative ΔΩadv anomalies in 2017 reflect the net effect of the horizontal 
input of higher CT and lower AT waters of Arctic origin, that also reduced 
Ω. Accompanied by negative ΔΩbio from a reduced photosynthetic up
take signal, these processes become superimposed to further lower the 
mixed layer Ω in 2017. 

The effects of recent and rapid ice retreat and deep mixed layers in 
2017, resulted in colder, fresher PSW layer that extended from the 
surface to the sea floor (250–450 m deep) over the shallow shelf around 
Nordaustlandet. The Atlantic-derived component of the water masses 
observed around Nordaustlandet may also have been advected into the 
area from the south in the Barents Sea, as opposed to advection through 
the boundary current and the northern Atlantic Water branch. The 
biogeochemical signatures of the bottom waters were at the upper 
bounds of a saline (~34.5) PSW with δ18O of 0.37–0.48, CT ~ 2165 
μmol kg− 1, AT ~ 2290 μmol kg− 1, and Ω of 1.29–1.38. The more acid
ified PSW could result from local sea-ice processes where rejected CO2- 
rich brines enrich subsurface waters with CT (Fransson et al., 2013; 
Ericson et al., 2019b) and/or mixing with the Coastal Current, that has 
been observed to have elevated CT content from sea-ice brines (Fransson 
et al., 2016). 

4.5. Acidification signals in Atlantic Water and Arctic Intermediate Water 

To investigate processes that influenced the Ω in the Atlantic Water 
across the Atlantic-Arctic region in 2014–2017, repeat stations in 
eastern Fram Strait at 78.0 ◦N 9.5 ◦E (Fig. 1b) that represent the 
inflowing Atlantic Water core (50–500 m) were evaluated. Inter-annual 
variability in water masse structure likely played a role given that sa
linities in the Atlantic Water core ranged from 35.13 (less sea-ice melt 
influence) in 2014 to 35.00 (more sea-ice melt freshening) in 2017. 
Values of AT were2316-2320 μmol kg− 1and likely resulted from salinity 
variations and/or inorganic CaCO3 dissolution, with higher AT and Ω in 
2015. Phytoplankton production reduced CT and increased Ω; lowest C/ 
N of 4.1 in 2015 was indicative of more advanced-stage blooms, with 
drawdown of CT and NO3 versus mixing and resupply processes. Higher 
CT and lower NO3 (higher C/N of 6.6) is indicative of early-stage bloom 
conditions in 2017. Enhanced organic matter remineralisation would 
elevate CT and suppress Ω in the Atlantic Water upon passage north-west 
during/following the growing season. Likely temporal variability in the 
inflowing Atlantic Water and the greater influence of Atlantic Water in 
the water column along the inflow shelves, as determined from thicker 
Atlantic Water layers (defined by potential temperature - salinity char
acteristics) and shoaling intrusions, were key mechanisms in creating a 
higher buffering capacity and elevated Ω in the Atlantic-Arctic region in 
2015. 

A similar pattern in the AIW revealed year-to-year deviations when 
compared with the Ω 4-year average of 1.20 ± 0.10. In eastern Fram 
Strait and at the shelf break at Hinlopen Strait, Ω of ~1.20 was found at 
800–1200 m. Over the northern shelf, the AIW layer had deepened to 
1000–2100 m with accompanying Ω of ~1.12. The AIW in the MIZ was 
found over a greater depth range of 700 m to 2630 m with the aragonite 
saturation horizon at 1800–2230 m depth in the Nansen Basin. For the 
Atlantic and intermediate layers (~100–1500 m) in the Nansen Basin, 
Ericson et al. (2014) reported decreases in Ω by 0.05–0.14 (Ω starting at 
~1.2–1.4) during 1994–2011 and Ulfsbo et al. (2018) determined 
similar reductions of 0.04–0.06 in Ω during 1996–2015. In the MIZ, the 
northern limit at ~82 ◦N, AIW at 1500 m depth had Ω of 1.13 ± 0.02 in 
2015. From simplistic calculations, an estimated decrease in Ω in the 
AIW in the Nansen Basin was ~0.07 in two decades, following Ericson 
et al. (2014). This rate of decrease in Ω at the deeper limit of interme
diate waters supports those proposed previously. Inflowing Atlantic 
Water into intermediate levels of the Nansen Basin entrains remineral
isation signals and sequesters anthropogenic CO2 from atmospheric 
uptake in the Atlantic Ocean. The decline in Ω has been attributed to 
accumulation of CT from increasing anthropogenic carbon in the 
Atlantic Water inflow into the Arctic Ocean (Ericson et al., 2014; Ulfsbo 
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et al., 2018). Therefore, intermediate layers of the Atlantic Arctic Ocean 
in the Nansen Basin could experience aragonite undersaturation in the 
next 50–100 years. 

5. Concluding remarks and future outlook 

The inflow of Atlantic Water through eastern Fram Strait and along 
the northern Svalbard shelf encounters the seasonally-ice covered Arctic 
waters that create a dynamic region of intricately linked processes that 
influence the state of ocean acidification in the region. Inter-annual 
variability in late summer Ω in the surface layer was driven by varia
tions in sea ice cover and meltwater inputs, phytoplankton production, 
CaCO3 processes and advection/mixing of different water masses. 
Reduced extent of summer sea ice cover was linked to greater Atlantic 
Water influence, whereby an extended duration of phytoplankton pro
duction and biologically-induced increases in Ω dominated the inter- 
annual variability in acidification states. Highest Ω was prevalent in 
the surface layer in Atlantic-like conditions, where Atlantic Water 
increased [CO3

2− ] to enhance the buffer capacity in the presence of 
primary production to compensate the CT enrichment. Pelagic calcifying 
plankton (aragonite, calcite) and sea-ice derived CaCO3 (ikaite) were 
sources of [CO3

2− ] upon dissolution, which increased Ω in the Atlantic 
Water- and meltwater-influenced surface waters, respectively. Rapid 
retreat of the ice pack created Arctic-like conditions through meltwater- 
driven stratification and dilution of [CO3

2− ] that limited advection of 
Atlantic Water and reduced biological CT drawdown, which lowered Ω. 
Dissolution of ikaite in sea ice acted as a small geochemical buffer in 
meltwater-influenced surface waters. Wind-driven mixing and in
cursions of low-Ω Atlantic Water into the upper water column led to 
transient acidification signals in the surface layer. Surface waters across 
the region were strongly undersaturated with respect to atmospheric 
CO2, creating substantial oceanic CO2 sinks that lowered Ω in ice-free 
waters. 

There is a balance of competing effects on Ω in the Atlantic-Arctic 
region, whereby increased Atlantic Water influence drives (i) ice-free 
waters and reduced dilution (physical increases in Ω), less sea-ice 
derived CaCO3 (geochemical decreases in Ω), nitrate re-supply to sus
tain primary production (biological increases in Ω) and enhanced AT 
(geochemical increases in Ω) versus (ii) increased CT from higher 
anthropogenic CO2 content (chemical decreases in Ω), wind-driven 
mixing (physical decreases in Ω) and remineralisation of organic mat
ter (biological decreases in Ω). Understanding the consequences of 
“Atlantification” and changing meltwater fluxes on the marine carbon
ate system is critical to better predict the impacts on biogeochemical 
cycling and functioning of the ecosystem in a changing Arctic Ocean. 
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Dieckmann, G., Nehrke, G., Uhlig, C., Göttlicher, J., Gerland, S., Granskog, M.A., 
Thomas, D.N., 2010. Ikaite CaCO3. 6H2O discovered in Arctic sea ice. The 
Cryosphere 4, 227–230. 

Doney, S.C., Balch, W.M., Fabry, V.J., Feely, R.A., 2009. Ocean acidification: A critical 
emerging problem for the ocean sciences. Oceanography 224, 16–25. 

Ericson, Y., Ulfsbo, A., van Heuven, S., Kattner, G., Anderson, L.G., 2014. Increasing 
carbon inventory of the intermediate layers of the Arctic Ocean. J. Geophys. Res. 
Oceans 1194, 2312–2326. https://doi.org/10.1002/2013JC009514. 

Ericson, Y., Falck, E., Chierici, M., Fransson, A., Kristiansen, S., Platt, S.M., 
Hermansen, O., Myhre, C.L., 2018. Temporal variability in surface water pCO2 in 
Adventfjorden West Spitsbergen with emphasis on physical and 
biogeochemical drivers. J. Geophys. Res. Oceans 123, 4888–4905. https://doi.org/ 
10.1029/2018JC014073. 

Ericson, Y., Falck, E., Chierici, M., Fransson, A., Kristiansen, S., 2019a. Marine CO2 
system variability in a high arctic tidewater-glacier fjord system, Tempelfjorden. 
Svalbard. Cont. Shelf Res. 181, 1–13. https://doi.org/10.1016/j.csr.2019.04.013. 

Ericson, Y., Chierici, M., Falck, E., Fransson, A., Jones, E.M., Kristiansen, S., 2019b. 
Seasonal dynamics of the marine CO2 system in Adventfjorden, a West Spitsbergen 
fjord. Polar Res. 38, 3345. https://doi.org/10.33265/polar.v38.3345. 

Ewertowski, M., 2014. Recent transformations in the High-Arctic glacier landsystem, 
Ragnabreen, Svalbard. Geografiska Annaler Series A 96, 265–285. https://doi.org/ 
10.1111/geoa.12049. 

Fabry, V., Mcclintock, J., Mathis, J., Grebmeier, J., 2009. Ocean Acidification at High 
Latitudes: The Bellwether. Oceanography 224, 160–171. 

Feely, R.A., Sabine, C.L., Lee, K., Berelson, W., Kleypas, J., Fabry, V.J., Millero, F.J., 
2004. Impact of anthropogenic CO2 on the CaCO3 system in the oceans. Science 
3055682, 362–366. https://doi.org/10.1126/science.1097329. 

Fer, I., Müller, M., Peterson, A.K., 2015. Tidal forcing, energetics, and mixing near the 
Yermak Plateau. Ocean Sci. 11, 287–304. https://doi.org/10.5194/os-11-287-2015. 

Fransson, A., Chierici, M., Anderson, L.G., Bussmann, I., Kattner, G., Jones, E.P., Swift, J. 
H., 2001. The importance of shelf processes for the modification of chemical 
constituents in the waters of the Eurasian Arctic Ocean: implication for carbon 
fluxes. Cont. Shelf Res. 21 (3), 225–242. https://doi.org/10.1016/S0278-4343(00) 
00088-1. 

Fransson, A., Chierici, M., Miller, L.A., Carnat, G., Shadwick, E., Thomas, H., Pineault, S., 
Papakyriakou, T.N., 2013. Impact of sea-ice processes on the carbonate system and 
ocean acidification at the ice-water interface in the Arctic Ocean. J. Geophys. Res. 
Oceans 118, 1–23. https://doi.org/10.1002/2013JC009164. 

Fransson, A., Chierici, M., Nomura, D., Granskog, M.A., Kristiansen, S., Martma, T., 
Nehrke, G., 2015. Effect of glacial drainage water on the CO2 system and ocean 
acidification state in an Arctic tidewater-glacier fjord during two contrasting years. 
J. Geophys. Res. Oceans 120. https://doi.org/10.1002/2014JC010320. 

Fransson, A., Chierici, M., Hop, H., Findlay, H.S., Kristiansen, S., Wold, A., 2016. Late 
winter-to- summer change in ocean acidification state in Kongsfjorden, with 
implications for calcifying organisms. Polar Biol. 3910, 1841–1857. https://doi.org/ 
10.1007/s00300-016-1955-5. 

Fransson, A., Chierici, M., Nomura, D., Granskog, M.A., Kristiansen, S., Martma, T., 
Nehrke, G., 2020. Influence of glacial water and carbonate minerals on wintertime 
sea-ice biogeochemistry and the CO2 system in an Arctic fjord in Svalbard. Ann. 
Glaciol. 1–21. https://doi.org/10.1017/aog.2020.52. 

Fransson, A., Chierici, M., Skjelvan, I., Olsen, A., Assmy, P., Peterson, A., Spreen, G., 
Ward, B., 2017. Effect of sea-ice and biogeochemical processes and storms on under- 
ice water fCO2 during the winter-spring transition in the high Arctic Ocean: 
implications for sea-air CO2 fluxes. J. Geophys. Res. Oceans 122, 5566–5587. 
https://doi.org/10.1002/2016JC012478. 

Frigstad, H., Andersen, T., Bellerby, R.G.J., Silyakova, A., Hessen, D.O., 2014. Variation 
in the seston C: N ratio of the Arctic Ocean and pan-Arctic shelves. J. Mar. Sys. 129, 
214–223. https://doi.org/10.1016/j.jmarsys.2013.06.004. 
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