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Abstract

The characterization of the volcanic volatile outgassing is central for investigating the composition and the

development of rocky planet atmospheres. I have analysed the volcanic gas release via numerical simula-

tions of the volatile pathway from the mantle to the atmosphere of a planet. The thesis has been carried out

as a subproject within the Transregional Collaborative Research Center TRR 170 ”Late accretion onto ter-

restrial planets” which gave the opportunity to collaborate with other subprojects and research institutions.

The aim of the thesis was to develop a numerical model for characterising the volcanic outgassed compo-

sition during the early Earth evolution. The core of this research is the volatile chemical speciation model

which simulates the volcanic outgassing considering the C-O-H system. I designed the model following the

”Mass balance and equilibrium” method (French, 1966; Holloway, 1981; Holland, 1984; Huizenga, 2005;

Fegley, 2013; Gaillard and Scaillet, 2014; Schaefer and Fegley, 2017) taking into consideration the princi-

pal factors that define the outgassed composition of a silicate melt namely: pressure, temperature and redox

state. The volatile chemical speciation is calculated considering that the volatile species are in chemical

equilibrium with the silicate melt and an ideal gas behaviour. The redox state of the system was reproduced

by using some of the most common petrological mineral buffers (Holloway et al., 1992), for both reduc-

ing or oxidising conditions. The collected results demonstrate how the magma redox state is the driving

parameter that affects the final outgassed composition. In reducing conditions (QIF and IW buffers) the

principal outgassed species are H2 and CO whereas, in oxidising states (NiNiO and QFM buffers) the dom-

inant volatile species are H2O and CO2. In order to investigate the volatile outgassing at a global scale, the

volatile chemical speciation model was coupled with different models that reproduce the mantle convection

regime (Noack and Breuer, 2013; Noack et al., 2014, 2017) and the corresponding outgassed atmospheres

(Dorn et al., 2018). The coupling of the models is employed to investigate the volatile outgassing at differ-

ent conditions. In Guimond et al. (2021), we investigated the early Earth evolution outgassing during the

magma ocean stage. Still considering a global Earth magma ocean, in Katyal et al. (2020) we simulated the

degassed atmospheric composition, H2 escape and the infrared emission/transmission. Ortenzi et al. (2020)

analyses the degassing for rocky planets considering a stagnant lid regime and calculating the outgassed at-

mospheric compositions and radial extents. The volatile chemical speciation model was extended to include

also the sulphur species (H2S, S2 and SO2) and for simulating the real gas behaviour. At the moment the

simulations of the C-O-H-S system are only for a limited range of temperature and pressure, and the model

needs further improvements for being employed in global outgassing simulations. In conclusion, the thesis

includes a detailed description of the developed volatile chemical speciation models showing both their

points of weakness and their versatility for investigating the volatile composition of outgassed atmospheres

at different planet evolutionary stages.
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Zusammenfassung

Um die Entstehung und Entwicklung von Atmosphären terrestrischer Planeten zu verstehen, ist es von

zentraler Bedeutung das Verhalten und die Charakteristiken freiwerdender volatiler Stoffe bei vulkanis-

chen Ausgasungsprozessen zu untersuchen. In dieser Dissertation wird mittels numerischer Simulierung

der Weg vulkanischer Gase von ihrer gebundenen Form im Mantel bis hin zu ihrer freien Form in der At-

mosphäre zurückverfolgt und deren Zusammensetzung analysiert. Die Promotionsarbeit ist im Rahmen

des Transregio Sonderforschungsbereiches 170 (SFB TRR 170) ”Late accretion onto terrestrial planets”

angefertigt worden, wodurch Möglichkeiten zu Kollaborationen mit weiteren Gruppen und Instituten inner-

halb des Projektes genutzt werden konnten. Das Ziel dieser Arbeit ist die Entwicklung eines numerischen

Modells zur Bestimmung der Gaszusammensetzung, die während der Frühgeschichte und Evolution der

Erde durch vulkanische Prozesse ausgegast wurde. Im Zentrum steht dabei das Modell zur chemischen

Speziierung von volatilen Elementen, das die Zusammensetzung des Gases innerhalb des C-O-H Sys-

tems simuliert. Es wurde mittels der Massenbilanzierungs- und Gleichgewichtsmethode entworfen (French,

1966; Holloway, 1981; Holland, 1984; Huizenga, 2005; Fegley, 2013; Gaillard and Scaillet, 2014; Schaefer

and Fegley, 2017) und berücksichtigt die wichtigsten Faktoren, die die Ausgasungsprozesse silikatischer

Schmelzen beeinflussen, nämlich Druck, Temperatur und Redox-Zustand. Die volatile chemische Spezi-

ierung wird unter Berücksichtigung des chemischen Gleichgewichts mit der silikatischen Schmelze unter

der Annahme von idealem Gasverhalten berechnet. Der Redox-Zustands des Systems wird sowohl für

reduzierende als auch oxidierende Bedingungen durch die in der Petrologie üblichen Mineralpuffer repro-

duziert (Holloway et al., 1992). Die Ergebnisse dieser Arbeit zeigen, dass die Zusammensetzung der ausge-

gasten Verbindungen hauptsächlich durch den Redox-Zustand des Magmas bestimmt wird. In reduzieren-

den Bedingungen (QIF und IW Puffer) wird hauptsächlich H2 und CO frei, während in oxidierenden Be-

dingungen (NiNiO und QFM Puffer) überwiegend H2O und CO2 ausgast. Um die Ausgasungsprozesse

global zu untersuchen, wurde das volatile Speziierungs-Modell mit weiteren Modellen zur Reproduktion

verschiedener Mantelkonvektionsregime (Noack and Breuer, 2013; Noack et al., 2014, 2017) und deren

zugehörigen ausgegasten Atmosphären (Dorn et al., 2018) kombiniert. Durch die Verbindung der Modelle

lässt sich das Ausgasen unter verschiedenen Umwelteinflüssen und Bedingungen untersuchen. In Gui-

mond et al. (2021) wurde die Entwicklung der Ausgasung während der Magma Ocean Phase der frühen

Erdgeschichte untersucht. Katyal et al. (2020) haben weiterhin, unter der Berücksichtigung eines glob-

alen Magma Ozeans, die Zusammensetzung der ausgegasten Atmosphäre, den H2 Verlust und die infrarot

Emission sowie Transmission simuliert. In Ortenzi et al. (2020) wurden hingegen die Ausgasungsprozesse

für terrestrische Planeten im ’Stagnant Lid Regime’ simuliert sowie die Zusammensetzung und die radiale

Ausdehnung der Atmosphäre berechnet. Des Weiteren wurde das volatile Speziierungs-Modell um Schwe-
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fel Verbindungen (H2S, S2 und SO2) und das Verhalten von realen Gasen erweitert. Zum gegenwärtigen

Zeitpunkt sind die Simulationen des C-O-H-S Systems jedoch durch limitierte Druck- und Temperaturbere-

iche beschränkt und benötigen Verbesserungen, um für die globalen Ausgasungssimulationen verwendet

werden zu können. Zusammengefasst beinhaltet diese Dissertation eine detaillierte Beschreibung des en-

twickelten Gas-Speziierungs-Modell, wobei sowohl die Schwächen als auch die Vielseitigkeit der Methode

zur Untersuchung der Zusammensetzung ausgegaster Atmosphären während verschiedener planetarer En-

twicklungsstufen aufgezeigt werden.
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1 INTRODUCTION

1 Introduction

Volcanic volatiles are central for investigating the volcanic activity of the Earth, together with the silicate

melts they represent the link between the interior of the planet and the atmosphere. Nowadays, the most

common volatiles outgassed from a volcanic complex are H2O and CO2 followed by sulphur species such

as SO2 and H2S (Oppenheimer et al., 2014). The composition of the fluid species dissolved in the sili-

cate melts reproduces the volatile content of the mantle, of the melt source rocks and of the redox state

of the system. The latter is crucial for defining the volatile chemical speciation of outgassed species. The

oxygen fugacity ( fO2) can be defined as the partial pressure of oxygen which describes the redox state of

a system. Mineral buffers are chemical equilibria that are employed in petrology as standard values to

compare systems at different redox states. The reactions are useful because they buffer the oxidation state

as a function of temperature and pressure. The most common mineral buffers are Iron-Wuestite (IW) and

Quartz-Iron-Fayalite (QIF) for reproducing reducing conditions and Quartz-Fayalite-Magnetite (QFM) and

Nickel-Nickel-Oxyde (NiNiO) for oxidising systems. Present days oxygen fugacities of different geody-

namics regimes including hot spot, divergent and convergent plate boundaries are considered oxidised and

comprised within few log units around the NiNiO buffer (Fegley and Schaefer, 2014). Nevertheless, during

the early Earth evolution the redox state of the mantle was likely more reduced than at present (figure 1).

According to Gaillard and Scaillet (2014); Frost et al. (2008), the redox state of the mantle was influenced

by the core mantle segregation. During that period, due to the presence of metal iron in equilibrium with the

mantle, the oxidation state of the mantle was most likely very reduced and the volcanic outgassing in the

C-O-H system was mainly dominated by reducing species like H2, CO and likely CH4 at low temperatures

(Fegley and Schaefer, 2014; Wood et al., 2006; Kasting et al., 1993). The outgassed atmosphere reflects

the redox state of the interior. Reducing atmospheres are of interest also for investigating the role of the

primordial atmosphere for habitability and the emergence of life (Miller et al., 1953; Hill, 1992; Kasting

et al., 1993; Johnson et al., 2008). In order to simulate the volcanic outgassing, I designed a chemical

speciation model which shows the strong link between the volcanic degassing and the interior of a planet.

In the following sections, I describe the principle peculiarities of the Earth evolution and the implications

for the volatile cycling and atmospheric formation. I include a detailed explanation of the speciation model

and its applications for analysing the atmospheres of rocky planets.

The thesis in the TRR context. The TRR-170 ”Late accretion onto terrestrial planets” is a research pro-

gram which includes researchers and PhD students at the Freie Universität Berlin, the Technical University

of Berlin and the Westfälische Wilhelms Universität Münster and research institutions as the Deutsches

Zentrum für Luft- und Raumfahrt Berlin (DLR) and the Museum für Naturkunde Berlin. The main goal of

the project is to shed light on the late accretion of the Earth, the Moon and other rocky planets in the period

6



1 INTRODUCTION

Figure 1: Representation of the volcanic outgassing of the C-O-H system not to scale. The left side of the
cartoon shows the direct outgassing at surface during the magma ocean period. During the core mantle
separation the magma ocean was likely in a more reduced state compared to present days value of mantle
oxygen fugacity. Thus, the magma ocean outgassing was composed by reduced volatiles as H2, CO and
CH4 at low temperatures. The right side of the figure displays present days volcanic outgassing which is
characterized by oxidised gas phases as H2O and CO2.

between 4,5 and 3,8 billion years ago. The different aspects of the late accretion are analysed by applying a

multidisciplinary approach. The project is divided in three main research areas: A) the timing and the rate

of the late accretion, B) the chemical budget and C) the geodynamic implications. Area A is focused on

the analyses of the Moon cratering record to investigate the timing of the late accretion of rocky planets.

The projects of the area B) investigate the chemical composition of the accreted material during the late

veneer. Area C) analyses through numerical modelling the Earth and Moon system. The different projects

consider the geodynamic implications and interactions between the different layers of the planet namely the

core, the mantle and the atmosphere. This thesis is part of the area C within the project C5. The goal of the

project is to investigate the volcanic outgassing during the early Earth evolution and the development of the

corresponding atmosphere. The volatiles gas chemical speciation was analysed by designing a numerical

model which simulates the gas chemical speciation of the C-O-H system at different temperature, pressure

and redox state. The research was performed within the C5 project in close collaboration with Nisha Katyal

(see 3.1 and 3.3), and with the project C6 located at the Freie Universität Berlin with the P.I. Lena Noack

and with Claire Guimond, Sara Vulpius and Julia Schmidt (see 3.1).

Motivation of the study. The main aims of the study are to analyse which are the factors that mostly

affect the volcanic volatile degassing and the corresponding outgassed atmosphere during the early Earth

evolution and to broaden the investigation also to rocky exoplanets. The study of the atmospheric compo-

sition and evolution is a key point for understanding both the conditions to develop an habitable planet and

to analyse the link between the deep interior and atmosphere of a planet. In order to better characterise the

volatiles outgassing, I have analysed the pathways of the volcanic gases from the interior to the atmosphere

showing the strong connections between the interior of a planet and the corresponding atmosphere. I have

7



1 INTRODUCTION

investigated the volcanic outgassing by developing volatile chemical speciation models for the C-O-H and

C-O-H-S systems. An important aspect was also to design a versatile outgassing model that was simple

to couple with models for investigating the mantle convection and the atmospheric evolution. I have con-

sidered both stagnant lid and magma ocean planets to describe the atmospheric composition and evolution

during the different phases of planetary evolution on a global scale. The results can be applied both to

investigate the early Earth evolution and the present days signal from exoplanets.

Thesis outline. The thesis is divided in chapters in order to cover all the different aspects that were

investigated during the PhD period, starting with an introduction on the volcanic volatile phases, a methods

chapter which describes how the chemical speciation model was developed and two sections which collect

the research papers. The introduction (1) is mostly focused on the role of the volatile phases in volcanology

and in planetary science. There is a detailed characterisation of the volatile phases that are analysed for

simulating the volcanic outgassing and a paragraph which includes the field work that was performed during

the development of the PhD project. The methods section (2) is the central part of the thesis, it contains the

theory that was necessary for developing the volatile chemical speciation model considering ideal or real

gas behaviour and several step by step examples that describe the applications of the model. In section 3 are

collected the research papers and the principal novelties introduced with the applications of the speciation

model whereas, section 3.4 contains the research papers related to fieldwork analyses.

1.1 General description of volatile species and volcanic outgassing process

Volatiles are fundamental constituents of the magma and the driving force for determining the volcanic

eruptive style (Wallace et al., 2015). The volcanic emissions have played a role during the entire Earth

evolution and they have contributed to the development of both atmosphere and oceans generating the

conditions for the emergence of life (Oppenheimer et al., 2014). The principal volatiles present in the

magma are defined by the C-O-H-S system, which represents almost all the volcanic emission. Other

important species, are the halogens (i.e. fluorine HF and chlorine HCl), nitrogen species (NH3 and NH2)

and noble gases (e.g. Ar and He). For the investigation of this study and the atmospheric evolution the focus

is on the C-O-H-S system, which represent roughly more than the 90% of present days volcanic emissions

on Earth (Oppenheimer et al., 2014). The parameters which regulate the volatile flux and the composition

from the interior to the atmosphere are temperature, the oxidation state of the system in terms of oxygen

fugacity and pressure. Pressure and on a minor scale temperature regulate the ratio of dissolved/exsolved

volatiles in the magma through the solubility of the gases. Temperature and redox state drive the chemical

composition of the outgassed volatile species differentiating between oxidised (e.g. H2O, CO2 and SO2)

and reduced gas phases (e.g. H2, CO, CH4 and H2S). Since volatiles have different solubility (see sections

8



1 INTRODUCTION

1.1.1; 1.1.2; 1.1.3), the availability of volcanic gases released at different pressure (especially hydrogen

and carbon species) is crucial for investigating the volcanic outgassing. The outgassing starts when the

concentrations of gas phases exceed the solubility threshold (Shinohara, 2008). The volatiles exsolve from

the magma, and start to aggregate in bubbles and then separate from the magma. The outgassing of a

volcanic complex can be divided in passive or active outgassing. Passive outgassing is the most common

expression of outgassing and it is not associated to any eruption. The exceed of volatiles is usually due to the

crystallization of the magma chamber which produces an oversaturation in volatiles and consequently the

outgassing (Burnham, 1967; Shinohara, 2008; Petrelli et al., 2018). This variety of outgassing is linked also

to hydrothermal vents which can emit low-temperature species such as methane and H2S (Parfitt and Wilson,

2008; Chiodini, 2009), that are of interest also for the emergence of life. Active degassing is associated to

volcanic eruptions, and the different mode of outgassing produce different eruption styles. The nucleation

of gas bubbles is the first step to produce volcanic outgassing. According to Parfitt and Wilson (2008)

the bubbles nucleation can be divided into homogeneous or heterogeneous nucleation. The homogeneous

nucleation occurs when the magma is saturated in a volatile species and the volatiles start to aggregate to

exceed the superficial tension in order to generate a bubble. But, even if the magma is oversaturated in

volatiles it is not simple to cross the superficial tension and to form a bubble. The heterogeneous nucleation

takes place when there is an unconformity in the magma that assists to exceed the superficial tension. The

crystals contained in the magma represent this discontinuity that helps the volatiles to aggregate and to form

bubbles. Once the bubble is formed, it starts to rise up within the magma and begins to grow following three

principles: the diffusion, the decompression and the coalescence (Parfitt and Wilson, 2008). The diffusion

starts when the less soluble volatile in the melt dissolves and starts to nucleate a bubble. After that, any other

volatiles species once reaches the saturation start to enter in the gas phase enlarging the bubble. During the

rising of the bubble and of the magma, the decompression increases the volume of the bubble due to the

lower surrounding pressure compared to the magma chamber. The consequent volume of the gas phase in

the magma thus increases compared to the melt and the solid and the bubbles have an higher probability

to collide and to merge generating larger bubbles. This last process is the coalescence which is important

for some explosive eruptive styles such as Strombolian or Vulcanian. The main effect is that larger bubbles

rise faster in the magma generating explosive eruptions (Parfitt and Wilson, 2008). The flow of the magma

to the surface is characterised by the ratio of gas and liquid phase in the magma and can be divided in four

flow regimes. According to Sigurdsson et al. (2015), at low volume of gas phase, the bubbles are carried by

the liquid (bubble flow regime). This regime is typical of non explosive eruptions when vesicular lavas are

extruded from a volcanic vent. When the amount of gas starts to be larger, the bubbles collide generating

gas pockets (slug regime) and the typical Strombolian activity. Within the conduit the gas/liquid ratio can

increase forming a central gas core surrounded by a thin layer of liquid (annular regime). This regime is

9



1 INTRODUCTION

not so common and associated still to Strombolian activity and lava fountaining. The last regime occurs

when the gas is a continuous phase, which carries the magma (dispersed flow). This latter is typical of

more viscous magmas causing Plinian eruptions or pyroclastic flow eruptions but, still can occur in lava

fountains. Thus, according to the different volatile content, magma composition and geodynamic context

the eruptive style of a volcano complex is divided in effusive or explosive volcanism. Effusive volcanism is

mostly related to basaltic magmas which are characterized by a lower silica content and viscosity compared

to silicic magmas. Some of the most interesting expressions of effusive volcanism for planetary science

are the lava flows and the flood basalts. Lava flows are the extrusion of basaltic melts with low viscosity

at temperature between 800 - 1200°C (Sigurdsson et al., 2015). They can produce lava tunnels which are

of great interest also for astrobiology applications because on planets like Mars they can act as a shelter

to preserve life from the extreme temperature and radiation (see section 1.3 for details). Flood basalts are

the largest recorded volcanic episodes that occurred on Earth. They are characterised by upwelling mantle

magma directly extruded within crust fissures to the surface (Sigurdsson et al., 2015). For this reason they

can represent an analogue for magma ocean stages or of stagnant-lid planet volcanism. Basaltic magmas are

divided in MORB (Midocean Ridge Basalt), OIB (Ocean Island Basalt), arc basalt, BABB (Back arc basin

basalts). They are mostly generated in the mantle for partial melting and at divergent plate boundaries or hot

spots. During the melt production the volatiles enter the melt phase because they behave as incompatible

elements and thus, they represent the transfer from the Earth mantle (Wallace et al., 2015). According to

Oppenheimer et al. (2014), the pre-eruptive volatile content in the C-O-H system of examples of MORB is

up to 1.5 % for H2O, 400 ppm for CO2 and 800 - 1500 ppm for S. For the OIB the water content is up to

1% (Dixon et al., 1991), CO2 to 6500 ppm and up to 3000 ppm for sulphur. For arc basalt and BABB are

respectively up to 6% (Roggensack et al., 1997) (because of crustal contamination) and 3% for H2O while

CO2 is approximately less than 1200 ppm for BABB. Silicic magmas can be highly enriched in volatiles,

especially water. They are also the volcanic expression of convergent plate boundaries and the volatile

content is influenced by crustal contamination. The explosive volcanism is divided in the less vigorous

Hawaiian and Strombolian eruptions up to the catastrophic Plinian eruptions. Some examples of andesite

have a water content of more than 3%, 10-1200 ppm of CO2 and less than 1000 ppm of sulphur. Dacites

and Rhyolites can contain up to 7% of water (Oppenheimer et al., 2014; Wallace, 2001; Wallace et al.,

1995). The focus of the study is to analyse the global outgassing, which contribute to the formation of the

atmosphere during and after the magma ocean stage of stagnant lid planets. As aforementioned, the basaltic

magmas represent the best connection between the mantle and the corresponding outgassed volatiles and

for this reason in the rest of the study all the simulations are performed considering basaltic compositions

of the source rock.
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1.1.1 Hydrogen species (H2 and H2O)

The two principal hydrogen species are H2O and H2. Water is the main volcanic outgassed species in present

days and it is typical of an oxidised mantle, whereas H2 is released in reducing scenarios. The solubility

is a measure for the maximum amount of a volatile species that can be dissolved in a magma (Wallace

et al., 2015). The solubility of H2O is regulated by the pressure (Sigurdsson et al., 2015) whereas the H2

is considered almost not soluble in silicate melts (Gaillard et al., 2003), or with a solubility comparable to

that of noble gases (Oppenheimer et al., 2014) (see section 2.5 for details). As for other volatile species, the

higher the pressure, the higher is the solubility of H2O. Water dissolves in the melt as OH´ groups that react

with aluminosilicate lowering the melt viscosity (Wallace et al., 2015; Oppenheimer et al., 2014; Giordano

et al., 2008) or as H2O. The proportion between the two species are regulated by the the total amount of

water dissolved in the magma. At low water concentration water is dissolved as OH´, whereas at around 3%

of water in rhyolitic melts and 3,5% for basalts, OH´ and H2O have the same proportion (Sigurdsson et al.,

2015). The water solubility is influenced also by the melt composition and by the presence of other volatiles.

At the same pressure, rhyolitic melts can dissolve more water compared to basaltic melts (Sigurdsson et al.,

2015). The solubility of all the volatiles is influenced by the presence of other volatiles, thus upon that other

species exsolved the water solubility gets increasingly lower.

1.1.2 Carbon species (CO2, CO and CH4)

The most diffuse volcanic outgassed carbon species are CO2, CO and CH4. Carbon dioxide is commonly

outgassed as the oxidised carbon gas phase whereas CO and CH4 are the reduced species. CH4 is normally

absent or present in very low quantity at high temperatures and is usually outgassed as hydrothermal gas

phase (Chiodini, 2009). The solubility of CO and methane is considered very low (Morizet et al., 2010;

Pawley et al., 1992; Oppenheimer et al., 2014) whereas CO2 dissolves according to the melt composition

and the silica content as CO2 in rhyolitic composition and as CO3
2´ in basalts (Oppenheimer et al., 2014;

Wallace et al., 2015). At the same temperature and pressure, CO2 solubility is 50-100 times less than of

H2O and increases with high alkali content (Wallace et al., 2015). Interesting to note is the dependence

of the oxygen fugacity for partitioning of carbonate from the mantle source rock to the melt (Grott et al.,

2011; Noack et al., 2017; Dorn et al., 2018). Thus, the volume of outgassed carbon species is influenced not

only by the composition of the source rocks but also by the oxidation state during the melt production. In

reducing scenarios the partitioning of carbonate in the melt is inhibited producing melt depleted in carbon

species. Considered outgassing at a global planetary scale, interior redox state has a strong control on the

atmospheric development and composition (Ortenzi et al., 2020).
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1.1.3 Sulphur species

After hydrogen and carbon species, sulphur volatiles are the most abundant volatile phases of present days

outgassing. Even if less abundant than carbon and hydrogen species, the sulphur species are central for in-

vestigating the volcanic hazard because they can potentially trigger eruptions and they have a strong climate

and atmospheric impact (Oppenheimer et al., 2011). In the solar system, they are crucial for investigating

the volcanic eruptions of Io (Zolotov and Fegley Jr, 1999; Lopes-Gautier et al., 2000). Sulphur solubility

is characterised by the oxidation state of its different forms in the gas phase S2, H2S, SO2 and SO3 and of

solid or liquid phases as pyrrotithe and anhydrite (Oppenheimer et al., 2011, 2014). In reducing conditions

sulphur dissolves as S2´ whereas in oxidising conditions as S6` (Wallace et al., 2015). The solubility of

reduced species increase according to the Fe concentration in the melt. Both reducing and oxidising species

increase their solubility at higher temperature. In contrast, the pressure has different effect on the solubility.

In oxidising conditions the pressure increases the solubility whereas in reducing scenarios it decreases the

sulphur solubility (Wallace et al., 2015).

1.1.4 Oxygen fugacity control on the gas chemical speciation

The redox state of the system is central for investigating the gas chemical speciation during the volcanic

outgassing. Once the gas bubble is formed in the magma, the oxygen fugacity of the surrounding melt

buffers the gas phases influencing the volatile chemical composition (Kadoya et al., 2020). As described

in Symonds and Reed (1993), the volcanic gases behaviour is close to the chemical equilibrium and the

results from chemical equilibria can be compared to direct measurements of volcanic degassing. Thus, the

outgassing of the different species can be simulated following the ”Equilibrium and mass balance method”

(French, 1966; Holloway, 1981; Holland, 1984; Gaillard and Scaillet, 2014; Fegley, 2013; Huizenga, 2005)

(Figure 2). This method allows to quantify simultaneously which are the outgassed species at different

redox states. The volcanic gas compositions can be simulated with several gas chemical equilibria. To give

an example, here are summarized some equilibria that describe the C-O-H system (Gaillard and Scaillet,

2014):

CO`
1
2

O2 “ CO2, (1)

H2`
1
2

O2 “ H2O, (2)

CH4` 2O2 “ CO2` 2H2O, (3)

12
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Figure 2: Schematic representation of the chemical speciation model employed to simulate the volcanic
outgassing. The bottom red box describes the first phase of the simulation for calculating the composition
of the outgassed volatile composition. The equilibrium between the gas phases and the melt which is used
to simulate the oxygen fugacity of the system. The top light blue box includes the parameters which are
used for simulating the equilibrium between the gas phases and thus, the final outgassed composition.

The system divides the C-O-H gas phases in reduced and oxidised species. Respectively, the reducing

species (i.e. CO, CH4, H2) are present as reactants and as products there are the oxidised species which are

the principal gas phases degassed at present days mantle oxidation (i.e. CO2, H2O) (Oppenheimer et al.,

2014).

The O2 is the oxygen partial pressure which represents the oxygen fugacity of the system. Thus, fol-

lowing ”Le Chatelier’s Principle”, a system at the equilibrium compensates a stress returning, if possible, to

the equilibrium (Fegley, 2013). The role of the oxygen fugacity appears evident. An increase of the oxygen

fugacity (i.e. an oxidising system) drives the equilibria towards the reactants producing more oxidising

species. The opposite happens when the oxygen fugacity has low values (i.e. a reduced system) and the

equilibria go in the directions of the products generating reducing species. In order to establish for which

oxygen fugacity values a system has to be considered reduced or oxidised the petrologist introduced the

concept and the reaction of ”Mineral Redox Buffers” (see section 2.4 for details). These reactions buffer

the oxygen at different pressure and temperature and they describe the oxidation state of a system. Present

days oxidation state values for different geodynamic context, including hot spots, divergent and convergent

plates, are oxidised and within few log units around the NiNiO buffer (Fegley and Schaefer, 2014). But,

during the early Earth evolution the redox state of the mantle was more reduced (Frost et al., 2008; Gaillard

et al., 2011) influencing the corresponding atmospheric development and composition.
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1.1.5 Volcanism across the solar system

Volcanism is a process which is spread in the rocky planets and moons of the Solar System (Wilson, 2009;

Byrne, 2020; Spohn et al., 2014; Sigurdsson et al., 2015; Platz et al., 2015) and most likely in exoplanets.

The volcanic activity played a role for the cooling and for the heat transfer from the interior to the surface

of all the rocky planets of the Solar System (Wilson, 2009). On the planets and on the moons (i.e. the Moon

and Io) the volcanism has started soon after the formation of the bodies (Byrne, 2020). On the Earth and on

Io the volcanism is still active while on other bodies there is no more activity. Some possible explanations

are that on the Earth the volcanism is controlled by the plate tectonics and on Io by the tidal deformation

due to the presence of Jupiter. The other planets present no evidences of plate tectonic and the volcanism

is driven only by radiogenic decay of heat producing elements in the interior. Another theory relates the

planet size to the duration of volcanism. However, this is not always a direct connection. For instance,

despite a marked difference in size, Mercury and the Moon present a similar eruptive history (Byrne, 2020).

Effusive eruptions are the most common eruptive style in the Solar System. There is evidence that this style

of eruption was present on Mercury, Venus, Earth, Mars, the Moon and Io (Wilson, 2009). Thus, in order to

investigate volcanism of rocky planets, in the rest of the thesis the eruptions are assumed to be effusive and

with a basaltic composition. Explosive eruptions are still taking place on the Earth and Io and most likely

occurred on Mars (Wilson, 2009). Concerning the volatiles, the most common on the Earth and likely on

Mars and Venus are water and CO2. Due to its smaller size the Moon most probably had as major eruptive

volatile CO and on Io the eruptions seem to be driven by the sulphur species (Wilson, 2009). But, during a

planet evolution the principal outgassed species might change due to different redox state. Since, volcanism

is/was present in all rocky bodies of the solar system in the thesis the volcanic outgassing is used as tool for

investigating the composition of rocky planets and exoplanets atmospheres.

1.2 Accretion and differentiation of a planet: application to investigate the out-

gassed atmosphere

The composition and the origin of the mantle volatiles have influenced the evolution of the global volcanic

outgassing. The formation of a planet consists of various and complex stages which are beyond the scope of

this research. Nevertheless, two main processes, namely the accretion and the differentiation of a planet are

strictly linked to the investigation of the global volcanic outgassing and of the atmospheric formation. The

accretion process is characterised by a first phase where particles of centimetre size scales collide starting

to generate the planetary embryos. When the dimension of the particles start to increase, the planetesimal

growths up to reach planet sizes (Spohn et al., 2014). The provenance of the material that accreted forming

the planets is still matter of debate. One possible scenario is the ”Grand Tack scenario” (Walsh et al.,
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2012). Numerical simulations show that likely the migration and the change of orbit of gas giant planets

have influenced the composition of the material delivered on the planetary embryos producing a late heavy

bombardment (Gomes et al., 2005). The accretion can be divided in two main theories of homogeneous or

heterogeneous accretion. The homogeneous accretion considers that the Earth accreted from a mixture of

homogeneous material and during the accretion it started to differentiate over a period characterised by a

deep magma ocean (Kramers, 1998; Murthy, 1991; Righter and Drake, 2000). The heterogeneous accretion

claims that the materials that accreted the Earth was delivered at different stages, starting with a reducing

material to switch then to an oxidising composition (Wänke, 1981; Wänke and Dreibus, 1988; O’Neill,

1991). There are some evidences from experiments (Kegler et al., 2008; Mann et al., 2009; Righter, 2011;

Rubie et al., 2011; Wade and Wood, 2005; Wood et al., 2006) and from the distribution and the abundances

of the siderophile elements (Lodders and Fegley Jr, 1997; McDonough and Sun, 1995; Palme and O’Neill,

2003; Ringwood, 1979; Wänke and Dreibus, 1988) which support one or the other theory and for this reason

the accretion process is still a matter of debate. The differentiation starts soon after or contemporary to the

accretion. It is characterised by the segregation of the metallic core and its separation from the silicate

mantle. The separation of the iron rich metal from the mantle needed high temperatures and most likely

occurred during one or more magma ocean stages (Rubie et al., 2011; Stevenson, 1988; Rubie et al., 2007;

Spohn et al., 2014). The accretion and the differentiation of the planet are strictly related to the outgassing

history of the planet because the accretion scenario gives information about the budget of volatile phases

in the mantle and the degree of differentiation about the mantle redox state. During the accretion, impacts

of bodies with high volatile content can have produced a large uncertainty in the mantle (or magma ocean)

volatile content of a planet (Rubie et al., 2011; Elkins-Tanton, 2008). The differentiation of the planet is

characterised by the equilibrium between silicate (i.e. mantle) and liquid metallic iron rich phases (i.e.

core) (Rubie et al., 2011; Stevenson, 1988; Rubie et al., 2007; Spohn et al., 2014). This equilibrium can

reduce the redox state of the mantle even of 5 to 8 log units compared to after the core segregation (Scaillet

and Gaillard, 2011). This produces a reducing scenario that strongly affect the outgassed volatile species

and the corresponding atmospheric composition. According to Rubie et al. (2015) it is extremely hard to

define the exact conditions of accretion and differentiation of a planet, thus in the rest of the thesis, I adopt

a window of mantle volatile compositions and of redox states trying to cover various outgassing scenarios.

1.3 Activities and analysis in fieldtrips

The PhD project was characterised also by the participation in field trips, summer schools (e.g. Vulcano

Robex international summer school, Etna International Training School of Geochemistry) and field cam-

paign (ESA Pangaea-X Test Campaign). I took part in three editions from 2016 to 2019 of ”The inter-

national Vulcano Summer school” held in Vulcano (Aeolian Islands, Italy). The Vulcano international
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Summer school had the aim to bring together researchers and students with different backgrounds covering

the geosciences, biology, marine geosciences and engineers. It was a great opportunity to test instruments

with a multidisciplinary team on a perfect volcanic site. In the 2019 edition we tested handheld spectro-

scopic instruments on several outcrops in order to analyse the instruments response on different lithologies.

The aim was to test the instruments with different conditions to compare the results with past and future

spectroscopic data collected on extraterrestrial bodies. The results collected at the Vulcano International

summer school are central for the recent published research paper entitled: ”Field investigation of volcanic

deposits on Vulcano, Italy using a handheld laser-induced breakdown instrument” (section 3.4.3). The

”Etna International Training School of Geochemistry” was held at the Volcanological Observatory of Pizzi

Deneri which is located on the Etna flank at an altitude of 2850 m a.s.l. The school was a great opportu-

nity to perform in situ gas measurements on the Etna and to discover new analytical techniques applied to

volcanic outgassing. This experience gave the perfect knowledge of the real volcanic outgassing process

and new ideas for developing the volatile speciation model which is central for my PhD project. In 2017

I took part in the ESA campaign PANGAEA-X held in Lanzarote (Canary Islands, Spain). The campaign

was composed of several research groups of different disciplines and it was designed as a training for the

astronauts. I participated as part of the AGPA (Augmented field Geology and Geophysics for Planetary

Analogues) group and my task was to perform seismics experiments on lava tubes. The goal was to identify

the presence of lava tubes, which are of great interest for astrobiology, by using as less instrumentation as

possible in order to simulate the equipment of an extraterrestrial mission. The field work was coordinated

together with the groups from the Jacobs University Bremen, Julius-Maximilians-Universität Würzburg and

the University of Pavia. In conclusions, the field activities gave a an opportunity to directly apply the the-

oretical knowledge on volcanic fluids to real cases and a better understanding of the volcanic outgassing

process.
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2 Methods

2.1 Introduction

This section touches several aspects of the thermodynamics of the gas phases, focusing on the volatile

chemical speciation during the volcanic degassing process. All the processes are analysed considering

chemical equilibrium and not the kinetics of the reactions. The following sections illustrate the principles

and the thermodynamic parameters employed to investigate the volcanic outgassing including also step-by-

step examples. Sections 2.2, 2.3 collect the principal parameters and the concept of the chemical equilibrium

reaction. By applying the ”Equilibrium and mass balance”, I have developed chemical speciation models for

investigating the volcanic outgassing respectively in the C-O-H and C-O-H-S system. Section 2.4 describes

how the redox state affects the final volatile chemical composition. By simulating the volatile solubility,

I analysed the availability of the volatile which exsolves from the magma to the gas phase (section 2.5).

The volatile chemical speciation is analysed by assuming the ideal gas behaviour (section 2.6) and the

real gas behaviour (sections 2.7, 2.8, 2.9), respectively. Section 2.10 shows a comparison between the

numerical model used for investigating the gas chemical speciation of the C-O-H system considering ideal

gas behaviour and the previous literature (i.e. the model described in Schaefer and Fegley (2017)). Every

section of the methods chapter highlights the differences between the different models and for which context

they are more representative. Considering the research interests of the PhD project, the chemical speciation

model of the C-O-H system was the most stable and flexible for investigating the volcanic outgassing

of rocky planets on a global scale. Due to these reasons, I have selected it for being employed in the

development of the research papers (see section 3).

2.2 Chemical equilibrium

The following section describes some of the principal parameters involved in the study of chemical reactions

at the equilibrium. The numerical model simulates the volcanic outgassing considering the equilibrium

between the different gas phases. The value of the Gibbs free energy (G) is essential for investigating the

chemical reactions. The Gibbs free energy indicates the direction of the reaction, and the system always

tends to proceed to the lower value of G and therefore, to a low chemical potential. It is comparable to the

gravitational potential, where an object tends to fall to a lower altitude for reducing its gravitational potential

(Pyle, 1998). A chemical equilibrium is a system where the variations of the Gibbs energy (∆G) between

the reactants and the products is zero hence, the reaction is stable at defined temperature and pressure.
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According to Fegley (2013), the Gibbs energy is known also as free energy and is defined by the equation:

G “ H ´ TS , (4)

where T is the temperature, H is the enthalpy and S the entropy of the system. The differential of the Gibbs

energy is then:

∆G “ ∆H ´ T∆S , (5)

considering that the differential of enthalpy dH is:

dH “ TdS ` VdP, (6)

substituting 6 in 5 the dG is then:

dG “ VdP´ S dT, (7)

according to Fegley (2013), an isothermal change in the Gibbs free energy of an ideal gas between two

pressures can be expressed as:

G2 ´G1 “ nRT ln
P2

P1
, (8)

considering P1 as the standard state, the Gibbs free energy of an ideal gas as function of pressure,

temperature and number of moles (n):

G “ G0 ` nRT ln P, (9)

The equilibrium constant can be described using an example of an equilibrium:

CO`
1
2

O2 “ CO2, (10)

the variation of the Gibbs energy at the equilibrium is then:

∆G “ Gproducts ´Greactants “ 0, (11)

∆G “ pG0
CO2
´G0

CO ´
1
2

G0
O2
q ` RT pln PCO2 ´ ln PCO ´ ln P1{2

O2
q “ 0, (12)
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the first part of the equation is the variation of the Gibbs energy of reaction (∆rG0):

∆rG0 “ pG0
CO2
´G0

CO ´
1
2

G0
O2
q, (13)

where the G0 is equal to the ∆ f G0 of the constituents. Since only the variation of G can be measured,

the factors are calculated to the standard Gibbs energy of formation ∆ f G0:

∆G0
CO2
“ ∆ f G0

CO2
, (14)

∆G0
CO “ ∆ f G0

CO, (15)

∆G0
O2
“

1
2

∆ f G0
O2
“ 0, (16)

The Gibbs free energy of formation of O2 is zero, because O2 is the reference state of the oxygen. The

reference states of the chemical elements are collected in the Chase (1999). The second term of equation

12 can be expressed as:

RT pln PCO2 ´ ln PCO ´ ln P1{2
O2
q “ RT ln

¨

˝

PCO2

PCOP1{2
O2

˛

‚ (17)

Equation 12 can be written as follows:

∆G “ ∆rG0 ` RT ln

¨

˝

PCO2

PCOP1{2
O2

˛

‚ (18)

considering that ∆G at equilibrium is zero, equation 18 is arranged as:

∆rG0 “ ´RT ln

¨

˝

PCO2

PCOP1{2
O2

˛

‚“ ´RT ln Kp (19)

Kp is the equilibrium constant of the reaction that can be written also as:

Kp “ exp
ˆ

´
∆rG0

RT

˙

(20)

Equation 20 combined with equation 19 are employed in the gas speciation models for investigating the

volcanic gas release at the equilibrium and for calculating the chemical speciation.

As specified, it is assumed that the gas species follow the ideal gas behaviour. The equation of state of
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ideal gases is expressed as follows:

PV “ nRT, (21)

where P is pressure, V is volume, n quantity of component(s) (moles), R the universal gas constant

and T the temperature. According to Pyle (1998), the activity of a perfect gas is equal to the gas pressures

because in the ideal behaviour there are no interactions between the gas molecules. Considering an ideal

behaviour the fugacity of a gas is equal to the partial pressure of the gas:

f “ φP, (22)

where f is the fugacity, P the pressure and φ the fugacity coefficient that in the ideal case is equal to

1. In the cases analysed in this research, I have simulated the volcanic outgassing at surface conditions

considering low pressures and high temperatures. Hence, for simplicity and according to several outgassing

studies (French, 1966; Holland, 1984; Gaillard and Scaillet, 2014; Fegley, 2013; Schaefer and Fegley, 2017)

I have assumed an ideal behaviour of the gas species. I have compared the gas fugacities in the P-T range

of interest to an assumed ideal gas behaviour. The fugacity coefficients slightly differ from one indicating

no significant differences from the ideal behaviour. I have employed The Redlich-Kwong equation of state

(Redlich and Kwong, 1949) (details in section 2.7) to investigate the deviations from the ideal behavior in

the temperature and pressure range applied to the system.

2.3 Gibbs free energy of formation and of reaction

The first step for simulating the gas chemical speciation at the equilibrium is to evaluate which is the Gibbs

energy of formation (∆ f G0) of the molecules involved in the degassing process. For investigating the gas

chemical equilibrium, I started from the calculation of the Gibbs Free Energy of formation of the molecules

involved in the system from the gas reactions related to their formation. Bearing in mind that the Gibbs

Free energy of formation of an element at its reference state is equal to zero (e.g. the ∆ f G0 for O2 is zero

because O2 is the reference state of oxygen) (Fegley, 2013). For calculating the Gibbs Energy of Formation

(J mol´1) I used the parameterization from (Fegley, 2013) as follows:

∆ f G0 “ A` BTlogT `CT, (23)

equation 23 is valid from 298 K to 2500 K, where T is the temperature (K), A B and C are different
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parameters for the gas reactions:

2 H2 + O2 2 H2O, (24)

Reactions for calculating the ∆ f G0 of H2O, CO2 and CO. A B C

2 H2 + O2 2 H2O, (25) -483095 25.3687 21.9563
2 C(graphite) + O2 2 CO, (26) -214104 25.2183 -262.1545
C(graphite) + O2 CO2, (27) -392647 4.5855 -16.9762

Table 1: Standard Gibbs Energy of formation. Parameters A, B and C are collected from Fegley (2013)

Equation 23 is valid for 1 mole of products therefore, it is important to check the stoichiometry of

the reaction. For instance, the reaction 24 considers 2 moles of H2O and the ∆ f G0 is therefore 1/2 of the

calculated value:

∆ f G0
T pH2Oq “ p´483095` 25.3687 ¨ T ¨ logT ` 21.9563T q{2 (28)

the ∆ f G0 of water at 1200 K is:

∆ f G0
1200pH2Oq “ ´1.815p5qpJmol´1q (29)

The Gibbs free energy of reaction (∆rG0) is another parameter for analysing the gas reactions. ∆rG0

reflects the change of the standard Gibbs energy in a reaction and it is calculated as follows:

∆rG0 “ ∆ f G0
products ´ ∆ f G0

reagents (30)

here is an example for the equilibrium:

CO + 3 H2 CH4 + H2O, (31)

∆rG0
p31q “ p∆ f G0

CH4 ` ∆ f G0
H2Oq ´ ∆ f G0

CO (32)

in the equilibrium 31 the ∆ f G0
H2

is zero because H2 is the reference state of hydrogen.

2.4 Redox state and the importance of the oxygen fugacity

The oxygen fugacity ( fO2) is the partial pressure of the oxygen in a reaction and it defines the redox state

of the system. It is one of the most important parameters for investigating the gas chemical reactions. For
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Figure 3: QFM, IW and QFI are three of the most commonly used mineral petrological buffers. The three
buffers are ordered according to the oxidation state. The oxidation level and Fe oxidation number increase
starting from the bottom (QFI) with Fe metal and Fe`2 to the top buffer (QFM) with Fe`2 and Fe`3.

simulating different redox scenarios are employed different mineral petrological buffers. The mineral petro-

logical buffers are an advantageous tool to simulate and to compare experiments in petrology considering

different redox states. From more reducing Quartz Iron Fayalite (QIF) and Iron-Wuestite (IW) to more

oxidising Quartz Fayalite Magnetite (QFM) and Nickel-Nickel-Oxide (NiNiO) states (figure 8), we assume

the following buffers:

2 Fe + SiO2 + O2 Fe2SiO4, pQIFq (33)

2 Fe + O2 2 FeO, pIWq (34)

3 Fe2SiO4 + O2 2 Fe3O4 + 3 SiO2, pQFMq (35)

Ni +
1
2

O2 NiO, pNiNiOq (36)

For instance, a tool for evaluating the oxygen fugacity is the ratio between the ferric (Fe+3) and ferrous

iron (Fe+2) (Kress and Carmichael, 1991). The iron oxidation reaction in the magma is:

2 FeOmelt +
1
2

O gas
2 Fe2O

melt
3 , (37)

On the reactants is present ferrous iron (oxidation number +2) while in the products there is the more

oxidised ferric iron (oxidation number +3). The ratio (Fe3+/Fe2+) gives an indication on the oxygen fugacity

of the system (Figure 3).
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Figure 4: The 3D plot shows the influence of pressure and temperature on the QIF mineral buffers. The oxy-
gen fugacity is affected by the temperature variation whereas pressure has a smaller effect in the investigated
pressure range.

Increasing the oxygen fugacity the equilibrium is shifted to the products (i.e more oxidising state)

while decreasing the oxygen fugacity produces more reducing conditions. The oxidation states in the gas

speciation model is defined by selecting different mineral buffers using the following parametrization from

Holloway et al. (1992) for the QIF, IW and NiNiO buffers:

log10 fO2 “ A´ B{T `CpP´ 1q{T (38)

and the following one for the QFM buffer (Fegley, 2013):

log10 fO2 “ A´ B{T `C log10 T ` DpP´ 1q{T (39)

with pressure (P) in bars, temperature (T) in Kelvin and A, B, C and D are parameters defined in table

2. The calculated mineral buffers determine the oxidation state of the system in the P-T range of interest

(Figure 4).

Buffer A B C D

QIF 7.679 29673 0.05 -
IW 6.899 27714 0.05 -

QFM 5.5976 24505 0.8099 0.0937
NiNiO 8.951 24556 0.046 -

Table 2: The parameters are collected from Holloway et al. (1992) for: QIF from O’Neill (1987b), IW from
O’Neill (1988) and NiNiO O’Neill (1987a). For QFM the parameters are from Fegley (2013).
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2.5 Volatile solubility

The natural silicate melts are characterised by the presence of dissolved volatile species. The gas phases

influence several factors of the magma from the rheology to different volcanic eruptive styles. Here, the

focus is on the ratio between dissolved and exsolved volatiles and their chemical speciation. The solubility

of the gas phases depends on pressure, chemical composition of the melts, and it varies according to the

different gas phases. The principal interest is to analyse the role of the more common gas phases and

their role in the development of rocky planet atmospheres. According to direct measurements of volatile

release from worldwide volcanic emissions (Oppenheimer et al., 2014), H2O and CO2 represent about 90%

of outgassed volatiles in different geodynamic regimes. The gas-melt in the magma are regulated by the

equilibria:

H2O
(fluid) + O2–(melt) 2 OH–(melt) (40)

CO (fluid)
2 + O2–(melt) CO 2–(melt)

3 (41)

H (fluid)
2 H (melt)

2 (42)

The volatile content in the silicate melts can be simulated by applying several solubility models (e.g.:

Parfitt and Wilson (2008); Iacono-Marziano et al. (2012); Newman and Lowenstern (2002); Dixon et al.

(1995); Papale et al. (2006); Ghiorso and Gualda (2015)). Following the approach of Parfitt and Wilson

(2008) the solubility of H2O and CO2 is:

H2Opwt.%q “ 0.1078Pp0.7q (43)

CO2pwt.%q “ 0.0023P (44)

where H2O (wt.%) and CO2 (wt.%) are the volatiles dissolved and P is the pressure in units of MPa.

Water is more soluble than CO2 in silicate melts, and this produces a different ratio of outgassed volatiles at

different pressure. It is assumed that the H-bearing species are dissolved as H2O and the C-bearing species

as CO2. The solubility of H2 and CO are not considered in the simulations because their solubility in the

magma is very low and they can be approximated to be not soluble in silicate melts (Oppenheimer et al.,

2014; Gaillard et al., 2003; Gaillard and Scaillet, 2014).

The solubility calculations give the availability of outgassed gas phases from a silicate melt. Following
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Figure 5: Solubility of H2O and CO2 in a basaltic melt. At low pressure both water and carbon species are
outgassed whereas, at increasing pressures water is more soluble than CO2. This produces a different ratio
between the outgassed volatile species.

Parfitt and Wilson (2008) and applying equations 43 and 44 the inputs for the simulations are: the pressure

interval (MPa) and the volatile content of H2O and CO2 in the magma in units of wt. %. The outputs are

then the dissolved and the outgassed volatiles at different pressures. In the example, the selected pressure

range is between 1 and 500 MPa, and the initial volatile contents for the different cases are 6, 3 and 1.5 wt.

% for water and 1, 0.5 and 0.25 wt. % for CO2. The resulting dissolved and outgassed gas phases are shown

in figures 5, 6 and 7. Figure 5 shows the higher solubility of water compared to CO2 at different pressures.

The gas phases exsolve and outgas from the silicate melt when their concentrations in the magma exceed the

solubility thresholds. Figures 6 and 7 show this process, where the cases with the highest volatile contents

(green lines) outgas at higher pressures compared to silicate melts with a lower volatile contents (red and

blue lines).

2.6 Gas chemical speciation: ideal gas behaviour

The section presents the theory and the calculations included in the gas speciation model. The gas chemical

speciation of the C-O-H system is calculated considering the gas species H2O, H2, CO2 and CO. These

volatiles represent about 90% of the total volcanic gas release at present time on the Earth (Oppenheimer

et al., 2014), and they are the more representative for investigating the atmosphere development during the

early Earth history. Since the volatile chemical speciation is calculated at low pressures and high temper-

atures, I assumed an ideal gas behaviour. Methane is not considered in this model because it is not stable

at high temperatures and low pressure (Ramirez et al., 2007; Oppenheimer et al., 2014; Chiodini, 2009;

Wetzel et al., 2013) but, it will be considered in sections (2.8, 2.9). The gas speciation model simulates
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Figure 6: Outgassed H2O at different pressures of a silicate melt with three initial water contents. The initial
volatile contents are: 6 wt.% of water (green line), 3 wt.% of water (red line) and 1.5 wt.% of water (blue
line). The silicate melt with the highest water content (green line) outgasses at higher pressure compared to
silicate melts with lower volatile contents (red and blue lines).

Figure 7: Outgassed CO2 at different pressures of a silicate melt with three initial CO2 contents. The initial
volatile contents are: 1 wt.% of CO2 (green line), 0.5 wt.% of CO2 (red line) and 0.25 wt.% of CO2 (blue
line). The silicate melt with the highest CO2 content (green line) outgasses at higher pressure compared to
silicate melts with lower volatile contents (red and blue lines).
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the volcanic outgassing via the ”Equilibrium and mass balance method” (French, 1966; Holloway, 1981;

Holland, 1984; Fegley, 2013; Gaillard and Scaillet, 2014; Schaefer and Fegley, 2017) at different pressure,

temperature, initial volatile content and redox state of the system. The values of oxygen fugacity calculated

following Holloway et al. (1992) and Fegley (2013) are then employed to evaluate the molar fractions of

the gas species in the equilibria as follows:

2 H (fluid)
2 + O2 2 H2O

(fluid). (45)

Considering equation 20, for estimating the proportion of H2 and H2O, the constant of equilibrium

Kpeq:45q is:

Kpeq:45q “ exp

˜

´∆rG0
peq:45q

R ¨ T

¸

“

˜

X2
H2O

X2
H2

fO2

¸

, (46)

where T is temperature in K, R is the universal gas constant (8.314 J K´1 mol´1) and ∆rG0
peq:45q indicates

the Gibbs free energy of the reaction 45. Employing the relation expressed in equation 30:

∆rG0
peq:45q “ 2∆ f G0

H2O. (47)

substituting Kpeq:45q and the fO2 calculated following the parametrization 38 and 39, the ratio between

H2 and H2O is:

ˆ

XH2O

XH2

˙2

“ Kpeq:45q fO2, (48)

Equation 48 shows the direct effect of the redox state on the volatile chemical speciation. The same

approach is applied for simulating the gas chemical speciation of the other volatile species. For carbon

species the equilibrium is:

CO(fluid) +
1
2

O2 CO (fluid)
2 , (49)

Kpeq:49q “ exp

˜

´∆rG0
peq:49q

RT

¸

“
XCO2

XCO

1

f 1{2
O2

, (50)

∆rG0
peq:49q “ ∆ f G0

CO2
´ ∆ f G0

CO. (51)

As expressed at the beginning of this section, the speciation model simulates simultaneously the volatile

outgassing of H2O, H2, CO2 and CO. Nevertheless, I have developed also a numerical model for calculating
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the gas speciation of sulphur species and methane. Since it is necessary to introduce the real gas behaviour,

the numerical models which includes also sulphur species and methane are described in sections 2.8 and

2.9.

Gas speciation model in the C-O-H system: a step by step example. The example shows how the model

simulates the gas chemical speciation, including the different steps of the volatiles path from the mantle to

the atmosphere. According to French (1966); Gaillard and Scaillet (2014); Fegley (2013); Kasting et al.

(1993); Holloway (1981); Schaefer and Fegley (2017); Holland (1984) the gas speciation model of the

C-O-H system simulates the volatile outgassing as a function of: temperature, pressure, redox state and

volatile content of the magma. The model´s input are the melt temperature, the pressure related to the gas

release and the volatile content, in terms of H2O and CO2 mole fractions in the magma. The outputs are

the redox state of system and the outgassed mole fractions of H2O, H2, CO2 and CO. The model does not

calculate the outgassing of methane since the outgassing is simulated at surface. Methane is not stable in the

low pressure range of investigation but for high pressure within the mantle (Zhang and Duan, 2009; Wetzel

et al., 2013). The input values of the model for the step-by-step example are: pressure 200 bar, temperature

interval 800-1200 K, magma volatile content of H2O 3.0 wt.% and CO2 0.5 wt.%. The chemical speciation

is coupled with the volatile solubility. The first step is to determine the outgassed molar fraction of volatiles

comparing the difference between the dissolved volatiles calculated with the equations 43 and 44 and the

initial volatile content of the silicate melt as follows:

dissolved H2O pwt.%q “ 0.1078Pp0.7q “ 0.1078 ¨ p200{10qp0.7q “ 0.877pwt.%q (52)

dissolved CO2 pwt.%q “ 0.0023P “ 0.0023 ¨ 200{10 “ 0.046pwt.%q (53)

outgassed H2O pwt%q “ initial H2O (wt%)´ dissolved H2O (wt%) “

3pwt%q ´ 0.877pwt%q “ 2.123pwt%q,
(54)

outgassed CO2 pwt%q “ initial CO2 (wt%)´ dissolved CO2 (wt%) “

0.5pwt%q ´ 0.046pwt%q “ 0.454pwt%q,
(55)

the outgassed volatiles are then 2.123 (wt%) for H2O and for 0.454 (wt%) CO2. H2 and CO are assumed

to be not soluble in silicate melt. At this point the outgassed values are arranged for expressing the mole
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Figure 8: Petrological mineral buffers as function of temperature (Holloway et al., 1992; Fegley, 2013).

fraction of the volatiles:

molar fraction H2O “
H2O (wt%) / Molecular weight H2O

p
H2O (wt%)

Molecular weight H2O
q ` p

CO2 (wt%)
Molecular weight CO2

q
“

2.123{18
p2.123{18q ` p0.454{44q

“ 0.9195

(56)

molar fraction CO2 “
CO2 (wt%) / Molecular weight CO2

p
H2O (wt%)

Molecular weight H2O
q ` p

CO2 (wt%)
Molecular weight CO2

q
“

0.454{44
p2.123{18q ` p0.454{44q

“ 0.0805

(57)

The molar fractions are used for simulating the gas chemical speciation at different redox states. The

different mineral buffers are calculated by using equations 38 and 39 (figure 8).

The next step is to calculate the ∆ f G0 of H2O, CO2 and CO considering the parametrization 23, where

∆ f G0 of H2 and O2 are zero because H2 and O2 are the standard state of hydrogen and oxygen. The equilibria

involved are:

2 H2 + O2 2 H2O, (58)

CO +
1
2

O2 CO2, (59)
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and the ∆rG0 of equilibrium 58 and 59 are:

∆rG0
peq:58q “ 2 ¨ ∆ f G0

H2O “ ´3.63 ¨ 105, (60)

∆rG0
peq:59q “ ∆ f G0

CO2
´ ∆ f G0

CO “ ´1.78 ¨ 105, (61)

At this stage, the model includes all the necessary parameters for simulating the gas chemical speciation

at 200 bar and within the temperature interval 800 - 1200 K. The molar fraction of the species involved for

1200 K and 200 bar are associated to the chemical equilibrium constant (K) as:

Kpeq:58q “ exp

˜

´∆rG0
peq:58q

R¨T

¸

“

˜

X2
H2O

X2
H2

fO2

¸

, (62)

where:

ˆ

XH2O

XH2

˙

“ pKpeq:58q fO2q
1{2, (63)

and for carbon species:

Kpeq:59q “ exp

˜

´∆rG0
peq:59q

RT

¸

“
XCO2

XCO

1

f 1{2
O2

, (64)

where:

XCO2

XCO
“ Kpeq:59q f 1{2

O2
, (65)

Kpeq:58q and Kpeq:59q are calculated as follows:

Kpeq:58q “ exp

˜

´∆rG0
peq:58q

R ¨ T

¸

“ exp

˜

´2∆ f G0
H2O

R ¨ T

¸

“ exp
ˆ

´2 ¨ p´1.8150 ¨ 105q

8.314 ¨ 1200

˙

“ 6.338 ¨ 1015,

(66)

Kpeq:59q “ exp

˜

´∆rG0
peq:59q

R ¨ T

¸

“ exp

˜

´p∆ f G0
CO2
´ ∆ f G0

COq

R ¨ T

¸

“

exp
ˆ

´p´3.9607 ¨ 105 ` 2.1775 ¨ 105q

8.314 ¨ 1200

˙

“ 5.7863 ¨ 107,

(67)

knowing Kpeq:58q and Kpeq:59q and the fO2 for the different mineral buffers, the ratio of hydrogen and
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carbon species for the QIF are:

ˆ

XH2O

XH2

˙

“ pKpeq:58q fO2q
1{2 “ rp6.338 ¨ 1015q ¨ p9.116 ¨ 10´18qs1{2 “ 0.2404, (68)

following the approach of Fegley (2013), the outgassed hydrogen volatiles is a mixture of H2 and H2O,

the O2 is not considered since it is several orders of magnitude smaller compared to H2 and H2O. Consid-

ering that the total molar fraction of hydrogen species is 0.9195 (from equation 56), the molar fractions

are:

XH2O ` XH2 “ 0.2404XH2 ` XH2 “ 0.9195, (69)

XH2 “
0.9195

0.2404` 1
“ 0.7413, (70)

XH2O “ 0.9195´ 0.7413 “ 0.1782, (71)

The same calculations are performed for the carbon species, where the total outgassed molar fraction is

0.0805 (from equation 57):

XCO2

XCO
“ Kpeq:59q f 1{2

O2
“ p5.786 ¨ 107q ¨ p9.116 ¨ 1018q1{2 “ 0.1747, (72)

XCO2 ` XCO “ 0.1747XCO ` XCO “ 0.0805, (73)

XCO “
0.0805

0.1747` 1
“ 0.0685, (74)

XCO2 “ 0.0805´ 0.0685 “ 0.0120. (75)

The resulting gas composition, outgassed from a melt with an initial volatile content of 3 wt.% of H2O

and 0.5 wt.% of CO2, at 1200 K, 200 bar and in equilibrium with the QFI mineral buffer is: 74.13% H2,

17.82% H2O, 1.12% CO2 and 6.85% CO (expressed in % in vol.). Since the QFI mineral buffer reproduces

a reducing state, the dominant outgassed phases are H2 and CO instead of the oxidising species H2O and

CO2. Figure 9 and 10 display the gas chemical speciation considering the same input as the example above

but, for various mineral buffers and within the temperature interval 800 - 1200 K. Figure 9 shows the

molar fractions of outgassed volatiles. As expected, in oxidising conditions (QFM and NiNiO buffers) the
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Figure 9: Gas chemical speciation at oxidising (QFM and NiNiO buffers) and reducing states (IW and QIF
buffers).

principal species are H2O and CO2 whereas H2 and CO govern the outgassing in reduced states (QIF and

IW buffers). Figure 10 highlights the differences in outgassed species comparing the ratios of H2/H2O and

CO/CO2.

The same simulations can be run even by combining other solubility models to the chemical speciation

model. For instance, the aforementioned example was simulated also following the Iacono-Marziano et al.

(2012) solubility approach. Considering the same starting conditions, the input for the simulation are:

pressure 200 bar, temperature interval 800-1200 K, magma volatile content of H2O 3.0 wt.% and CO2 0.5

wt.%. Considering the Iacono-Marziano et al. (2012) solubility model, the outgassed volatiles are 1.766

wt.% of H2O and 0.499 wt.% of CO2 (The solubility data were collected by using the simulations from

Sara Vulpius at the Freie Universitaet Berlin). The different values of outgassed species compared to the

results collected with the parametrization of Parfitt and Wilson (2008) will affect also the final outgassed

composition. At the same outgassing conditions (i.e. 1200 K and 200 bar) the final volatile composition

for the QIF buffer is: 72.27 % H2, 17.37 % H2O, 1.54 % CO2 and 8.82 % CO. The principal difference

of the results collected with the solubility model of Parfitt and Wilson (2008) and Iacono-Marziano et al.

(2012) is the outgassed wt.% of H2O, which is slightly higher for the Parfitt and Wilson (2008) (2.123 wt.

% H2O) simulations compared to Iacono-Marziano et al. (2012) (1.766 wt. % H2O). This affects the ratio of
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Figure 10: CO/CO2 and H2/H2O ratios at different redox states.

outgassed hydrogen (H2 and H2O) and carbon (CO and CO2) species producing an higher outgassing of CO

in the results collected with the Iacono-Marziano et al. (2012) solubility parametrization. The difference

between the two simulations demonstrates that the outgassed composition is affected also by the solubility

model employed in the degassing simulations. Thus, the possibility to select between different solubility

models shows the versatility of the chemical speciation model. Moreover, the chemical speciation model

can be coupled also with mantle convection and atmospheric models. Sections 3.1, 3.2 and 3.3 collect some

of its applications in research papers.

2.7 Gas chemical speciation: real gas behaviour

The paragraph includes the theory and the Redlich-Kwong (Redlich and Kwong, 1949) equation of state

which are employed to simulate the chemical equilibrium reactions assuming a real gas behaviour. Here

are considered also methane and sulphur species (SO2, H2S and S2) as outgassed volatiles. The real gas

behaviour has to be assumed for calculating the outgassing at low temperatures and high pressures. The

ideal behaviour of the gas phases follows the equation 21 and it is assumed that there are no interactions

between the gas species. This is not the case in the real behaviour where at high pressure and low tempera-

tures the gases have interactions with each other. Following Redlich and Kwong (1949) and Fegley (2013)

I have developed a numerical model to calculate the fugacity of: H2O, H2, CO2, CO, CH4, SO2 and H2S.

The compression factor (Z) is a parameter can be expressed as:

Z “
PVm

RT
, (76)

where P is the pressure (in bar), VM is the molar volume (in cm3/mol). In the ideal case the compression

factor is always unity but not for the real case. The compression factor is a necessary parameter for investi-

gating the fugacity coefficient. There are different equations for studying the real behaviour and one of the

most used is the Redlich-Kwong (Redlich and Kwong, 1949) equation which is a modifications of the van
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der Waals equation and can be expressed as:

P “
RT

Vm ´ b
´

a
?

T pVmpVm ` bqq
, (77)

The a and b are the van der Waals parameters. a is associated to the attractive forces between the

molecules (in: 10´4 cm6 bar K0.5 mol´2) and b is the co-volume (in: cm3 mol´1). A list of the a and b

parameters for the van der Waals or Redlich Kwong equation can be found in Fegley (2013). The Redlich

Kwong equation can be arranged as:

Z “ 1{p1´ hq ´ pA2{Bqh{p1` hq, (78)

A2 “ a{R2T 2.5 “ 0.42748T 2.5
c {PcT 2.5, (79)

B “ b{RT “ 0.08664Tc{PcT, (80)

h “ BP{Z “ b{V, (81)

where Tc (in K) and Pc (in bar) are respectively the critical temperature and the critical pressure of the

gas species that are the T and P at the critical point which is the point where there is no distinction for gas

and liquid phase (e.g. the critical point of water is 647.14 K and 220.5 bar (Fegley, 2013)).

Equation 77 can be expressed as:

pP`
a

?
T pVmpVm ` bqq

qpVm ´ bq “ RT, (82)

PpT 1{2pVmpVm ` bqq ` a
?

T pVmpVm ` bqq
pVm ´ bq “ RT, (83)

PpT 1{2pVmpVm ` bqpVm ´ bqq ` apVm ´ bq
?

T pVmpVm ` bqq
“ RT, (84)

PpT 1{2ppVmpVm ` bqpVm ´ bqqq ` apVm ´ bq “ RT pT 1{2pVmpVm ` bqq, (85)

PpT 1{2V3
m ´ V2

mRT pT 1{2q ` Vmpa´ PT 1{2b2 ´ RTbT 1{2q ´ ab “ 0, (86)
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V3
m ´ V2

mpRT{Pq ` Vmp
a

PT 1{2
´ b2 ´

RTb
P
q

ab
PT 1{2

“ 0, (87)

V3
m ´ V2

mpRT{Pq ` Vm
1
P
p

a
PT 1{2

´ b2 ´
RTb

P
q ´

ab
PT 1{2

“ 0, (88)

Considering that from equations 79 and 80 a and b are:

a “ 0.4278
T 2.5

c R2

Pc
, (89)

b “ 0.08664
TcR
Pc

, (90)

Substituting a and b equation 77 can be expressed also as:

V3
m ´ pRT{PqV2

m ` p1{Pq ¨ pA{T
0.5 ´ BRT ´ PB2qVm ´ AB{PT 0.5 “ 0, (91)

substituting the Vm considering the equation 76 and assuming as A1 and B1 the equation is:

A1 “
aP

T 2.5R2 , (92)

B1 “
bP
RT

, (93)

Z3 ´ Z2 ` ZpA1 ´ B1p2q ´ B1q ´ A1B1 “ 0, (94)

For facilitating the simulations equation 94 can be expressed also as:

Z3 ´ Z2 ` ZpPr{Trq ¨ p0.42748{T 1.5
r ´ 0.08664´ 0.007506 ¨ pPr{Trqq ´ 0.03704pP2

r{T
3.5
r q “ 0, (95)

where Tr and Pr are respectively temperature and pressure reduced (Tr “ T{Tc and Pr “ P{Pc). The

numerical model solves the cubic equation 95 using the parameters expressed in table 3. According to

Redlich and Kwong (1949), the fugacity coefficient (φ) is associated to Z as follows:

ln φ “ Z ´ 1´ ln pZ ´ BPq ´ pA2{Bq ln p1` BP{Zq, (96)
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the fugacity is then calculated as follows:

f “ φP, (97)

The fugacity describes the volatile behaviour in a high pressure context such as the volatile solubility in

a silicate melt or in the passive outgassing within the lithosphere.

Gas Tc (K) Pc (bar) Vc Vm

H2O 674.14 220.5 56 12
H2 33.2 12.97 65 15.2

CO2 304.1 73.75 0.274 23
CO 132.91 34.99 93 27.3
CH4 190.58 46.04 99 29.7
SO2 430.8 78.48 122 34.7
H2S 373.2 89.4 98 20

Table 3: Tc is the critical temperature in K, Pc the critical pressure, Vc is critical volume (in cm3/mol) and
Vm the molar volume used in the model . Tc, Pc, Vc are from Fegley (2013). Vm of H2O and CO2 are from
Dixon et al. (1995) and all the others Vm are from Fegley (2013).

2.8 Gas chemical speciation model C-O-H including CH4

The section includes the theory behind the volatile chemical speciation model for the C-O-H system with

a real gas behaviour considering as outgassed species: H2O, H2, CO2, CO and CH4. Methane is a gas of

particular interest concerning the volatile outgassing at low temperature and also in hydrothermal ambient

and it is considered a volatile with implication for the emergence of live in extreme environment. For

simulating the volatile outgassing of the system, I applied the same approach described in section 2.6 but

including different chemical equilibria. According to Huizenga (2001, 2005), the equilibria involved in the

system are the following:

CO`
1
2

O2 “ CO2, (98)

H2`
1
2

O2 “ H2O, (99)

CH4` 2O2 “ CO2` H2O, (100)

C` O2 “ CO2, (101)
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the equilibrium constants K are:

Kpeq:98q “
XCO2φCO2

XCOφCO f 1{2
O2

, (102)

Kpeq:99q “
XH2OφH2O

XH2φH2 f 1{2
O2

, (103)

Kpeq:100q “
XCO2φCO2X

2
H2Oφ

2
H2O

P2
f luid

XCH4φCH4 f 2
O2

, (104)

Kpeq:101q “
XCO2φCO2P f luid

acarbon fO2

, (105)

where Xi is the molar fraction of the i species, φi is the fugacity of the i species, P f luid is the pressure

where the volatile chemical speciation and acarbon is the carbon activity. If the system is graphite saturated

the acarbon is 1, if the system is undersaturated in graphite the carbon activity is in between 0 ă acarbon ă 1.

Following Huizenga (2005), for estimating the molar fractions the system can be arranged as:

XH2O ` XCO2 ` XH2 ` XCO ` XCH4 “ 1, (106)

XCO2 “

„

Kpeq:101qacarbon

φCO2P f luid



C107

fO2 (107)

XCO “

„

φCO2

Kpeq:98qφCO



C108

1{ f 1{2
O2

XCO2 (108)

XH2 “

„

φH2O

Kpeq:99qφH2



C109

1{ f 1{2
O2

XH2O (109)

XCH4 “

«

φCO2φH2O2 P2
f luid

Kpeq:100qφCH4

ff

C110

1{ f 2
O2

X2
H2OXCO2 (110)

the system now is composed of 5 equations and 5 unknowns. Substituting XCO2 from equation 107

in equation 110 and then substituting the molar fractions from equations 107 to 110 the system is now

expressed only as a function of XH2O as:

C107C110 f´1
O2

X2
H2O ` pC109 f 1{2

O2
` 1qXH2O `C107 fO2p1`C108 f´1{2

O2
q “ 1 (111)

The positive root of equation 111 gives the molar fraction of H2O that can be susbituted in equations 107
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Figure 11: Petrological mineral buffers as a function of temperature (NiNiO, QFM, IW, QIF) (Holloway
et al., 1992; Fegley, 2013) and maximum level of oxygen fugacity where the system is stable (Huizenga,
2005).

to 110 to obtain the molar fractions of CO, H2, CO2 and CH4. The system is stable and valid at temperature

below the one at which the CO2 is consumed by the reaction:

fO2 “
φCO2P f luid

acarbonKpeq:101q
(112)

The following example shows the effect of the temperature on the system and particularly on the oxygen

fugacity, where the volatile chemical speciation is simulated at different mineral buffers in the temperature

interval 600 ă T ă 1200K and at 1 bar of pressure. Figure 11 shows the maximum level of oxygen

fugacity compared to the mineral buffers. The NiNiO and QFM buffers reproduce scenarios too oxidised

for the stability of methane while the IW and QIF simulate stable conditions below around 900 K and 1000

K, respectively. Figure 12 displays the molar fractions of the volatiles species where the more reduced

species including CH4 and H2 are the principal outgassed volatile. The outgassing of carbon species is

dominated by methane because it is the most stable phase at low temperature and in reducing oxidation

states.

2.9 Gas chemical speciation model C-O-H-S

Following French (1966); Holloway (1981); Huizenga (2001), the numerical model for investigating the

ougassing of the C-O-H-S system considers a real gas behaviour. In terms of temperature and pressure,

the simulations present a smaller range of investigation compared to a system without sulphur species (e.g.
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Figure 12: Volatile chemical speciation at different mineral redox buffers as a function of temperature. The
range of validity is up to 900 K for the IW buffer and up to 1000 K for the QIF buffer.

sections 2.6 and 2.8) . The limitations depend on the real gas behaviour and on the stability of the selected

sulphur fugacity buffer (i.e. 576 K ă Temperature ă 1016 K). Also the selection of the equation of state

and of the carbon activity influence the outgassed composition. The model employs the Redlich-Kwong

equation of state (Redlich and Kwong, 1949). The carbon activity is fixed to the value of 1 because the

simulated system is considered graphite saturated. The equilibria involved in the simulations are:

C`
1
2

O2 “ CO, (113)

C` O2 “ CO2, (114)

C` 2H2 “ CH4, (115)

H2`
1
2

O2 “ H2O, (116)

H2`
1
2

S2 “ H2S, (117)

1
2

S2` O2 “ SO2, (118)

The chemical composition of the gas phases is then:

Ptot “
fH2

φH2

`
fH2O

φH2O
`

fH2S

φH2S
`

fSO2

φSO2

`
fCH4

φCH4

`
fCO2

φCO2

`
fCO

φCO
, (119)

where Ptot is the selected pressure for investigating the speciation (e.g. 1 atm at surface outgassing),

fi and φi are respectively the fugacity and the fugacity coefficient of the species i. The oxygen fugacity is
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calculated for the mineral buffers according to equations 38 and 39 and the sulphur fugacity, for the Pyrite

(FeS2)-Pyrrhotite (Fe7S8) buffer:

7FeS2 “ 3S2pgasq ` Fe7S8 (120)

The sulphur fugacity is valid in the interval 567 K to 1016 K which, is simulated following Lusk and

Bray (2002) modified by Fegley (2013):

log10 fS2 “ 19.41´ 21004{T ` 2061770{T 2 (121)

The fluid composition is calculated at specified P, T, fO2, fS2 and considering graphite (C) saturation (i.e.

carbon activity = 1). If the graphite is not saturated the carbon activity is between 0 and 1. The fugacity

coefficients and the fugacities are calculated according to 96 and equation 97. Taking the equations from

113 to 119 there are 7 equations and 7 unknowns (PH2, PH2O, PH2S, PSO2, PCH4, PCO2, PCO), the system can

be expressed as:

Kpeq:113q “
fCO

apCq f 1{2
O2

“
φCOPCO

f 1{2
O2

, (122)

Kpeq:114q “
fCO2

apCq fO2

“
φCO2PCO2

fO2

, (123)

Kpeq:115q “
fCH4

apCq f 2
H2

“
φCH4PCH4

pφH2PH2q
2 , (124)

Kpeq:116q “
fH2O

fH2 f 1{2
O2

“
φH2OPH2O

φH2PH2 f 1{2
O2

, (125)

Kpeq:117q “
fH2S

fH2 f 1{2
S2

“
φH2SPH2S

φH2PH2 f 1{2
S2

, (126)

Kpeq:118q “
fSO2

f 1{2
S fO2

“
φSO2PSO2

f 1{2
S2

fO2

, (127)

the partial pressures can be written isolating H2 and H2O and coupling some parameters (Ci) for the

different equilibria :

PCO “

»

–

K113 f 1{2
O2

aC

φCO

fi

fl

C122

(128)
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PCO2 “

„

K114 fO2aC

φCO2



C123

(129)

PCH4 “

„

K115pφH2q
2aC

φCH4



C124

pPH2q
2 (130)

PH2O “

«

φH2K116p fO2q
1{2

φH2O

ff

C125

PH2 (131)

PH2S “

«

φH2K117p fS2q
1{2

φH2S

ff

C126

PH2 (132)

PSO2 “

«

fO2K118p fS2q
1{2

φSO2

ff

C127

(133)

arranging the equations from 128 to 133 as H2 is the only variable, equation 119 can be expressed as a

quadratic equation:

Ptot “ C124pPH2q
2 `C125PH2 `C126PH2 ` PH2 `C127 `C123 `C122 (134)

Taking only the positive root of equation 134 the partial pressure of H2 is:

PH2 “
p´1´C125 ´C126q

2pC124q
`
rp1`C125 `C126q

2 ´ 4pC124qpC122 `C123 `C127 ´ Ptotqs
1{2

2pC124q
(135)

The calculated partial pressure of H2 is then substituted in equation 130, 131 and 132. Considering that

the Ptot is known, φi and fi are calculated with equation 96 and 97, all the partial pressures at any specified

temperature and pressure are known for the C-O-H-S system.

Gas speciation model C-O-H-S system: a step by step example. Following the approach of French

(1966); Holloway (1981); Huizenga (2001), I propose a detailed step by step example of the volcanic

outgassing of the C-O-H-S system. The model inputs are temperature (K) and pressure (bar) and it simulates

the molar fractions of H2O, H2, CO2, CO, CH4, SO2 and H2S. The gas partial pressures are calculated at the

equilibrium and considering an infinite reservoir of volatiles. The limitations of the model are principally

due to the sulphur fugacity, the selected equation of state and the carbon activity. The correct selection of

these parameters are crucial for simulating the gas chemical speciation. The temperature interval validity of

the selected sulphur fugacity is 567ăTă1016 K (Lusk and Bray, 2002). The simulations outside the interval
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can generate problems with the mass balance of the volatile phases. When the system is graphite saturated,

the graphite activity is 1 but, if the system is not saturated the carbon activity is between 0ă aC ă1. In the

example, I applied the Redlich-Kwong (Redlich and Kwong, 1949) equation of state. But, other equations

of state might fit better different scenarios as some modified Redlich-Kwong equations (de Santis et al.,

1974; Flowers, 1979) or the Shi-Saxena equation (Shi and Saxena, 1992).

In the following example, the volatile outgassing is calculated at 1000 K and 200 bar. Since the volatile

outgassing is simulated for real gases, the first step is to calculate the fugacities of the volatile species with

an EoS for real gases, in this case by applying the equation from (Redlich and Kwong, 1949). The fugacity

is calculated starting from equation 95 where the compressibility factor (Z) is expressed as :

Z3 ´ Z2 ` ZpPr{Trq ¨ p0.42748{T 1.5
r ´ 0.08664´ 0.007506 ¨ pPr{Trqq ´ 0.03704pP2

r{T
3.5
r q “ 0, (136)

considering the parameters for water from table 3, the reduced pressure (Pc) and the reduced temperature

(Tc) are:

Pr “
P
Pc
“

200
220.5

“ 0.907, (137)

Tr “
T
Tc
“

1000
674.14

“ 1.4834, (138)

Z3 ´ Z2 ` Z
ˆ

0.907
1.4834

˙ˆ

0.42748
1.4834p1.5q

´ 0.08664´ 0.007506 ¨
0.907

1.4834

˙

´ 0.03704
ˆ

0.907p2q

1.4834p3.5q

˙

“ 0,

(139)

the roots (Z) of 139 are 0.8905, 0.1625 and -0.0530. Only one value is correct for calculating the

fugacity coefficient. If the cubic equation has 3 real solutions, it has to be selected the one which represent

better the physical parameter of the fugacity hence, the negative solution is excluded and it is chosen the

one closer to the value of 1 (the fugacity coefficient is commonly close to 1). The fugacity coefficient is

calculated with the equation 96 where A and B are calculated following equations 79 and 80:

A2 “
0.42784 ¨ 674.142.5

220.5 ¨ 10002.5 , A2 “ 7.2402 ¨ 10´4, (140)

B “ 0.0867 ¨
674.14

220.5 ¨ 1000
, B “ 2.6507 ¨ 10´4 (141)
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substituing in equation 142 the fugacity coefficient of water (φH2O) is then:

ln φH2O “ 0.8905´ 1´ ln
ˆ

0.8905
2.6507 ¨ 10´4 ¨ 200

˙

´

ˆ

7.2402 ¨ 10´4

2.6507 ¨ 10´4

˙

ln
ˆ

1` 2.6507 ¨ 10´4 ¨ 200
0.8905

˙

,

(142)

φH2O “ 0.9138 (143)

By applying the same approach, the fugacities for the volatiles involved are:

ln φH2 “ 1.0431´ 1´ ln
ˆ

1.0431
2.2193 ¨ 10´4 ¨ 200

˙

´

ˆ

6.6250 ¨ 10´6

2.2193 ¨ 10´4

˙

ln
ˆ

1` 2.2193 ¨ 10´4 ¨ 200
1.0431

˙

,

(144)

φH2 “ 1.0441, (145)

ln φCO2 “ 1.0131´ 1´ ln
ˆ

1.0131
3.5750 ¨ 10´4 ¨ 200

˙

´

ˆ

2.9584 ¨ 10´4

3.5750 ¨ 10´4

˙

ln
ˆ

1` 3.5750 ¨ 10´4 ¨ 200
1.0131

˙

,

(146)

φCO2 “ 1.0170, (147)

ln φCO “ 1.0508´ 1´ ln
ˆ

1.0508
3.2933 ¨ 10´4 ¨ 200

˙

´

ˆ

4.9920 ¨ 10´5

3.2933 ¨ 10´4

˙

ln
ˆ

1` 3.2933 ¨ 10´4 ¨ 200
1.0508

˙

,

(148)

φCO “ 1.0528, (149)

ln φCH4 “ 1.0435´ 1´ ln
ˆ

1.0435
3.5889 ¨ 10´4 ¨ 200

˙

´

ˆ

1.4735 ¨ 10´4

3.5889 ¨ 10´4

˙

ln
ˆ

1` 3.5889 ¨ 10´4 ¨ 200
1.0435

˙

,

(150)

φCH4 “ 1.0459, (151)
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ln φSO2 “ 0.9564´ 1´ ln
ˆ

0.9564
4.7592 ¨ 10´4 ¨ 200

˙

´

ˆ

6.6407 ¨ 10´4

4.7592 ¨ 10´4

˙

ln
ˆ

1` 4.7592 ¨ 10´4 ¨ 200
0.9564

˙

,

(152)

φSO2 “ 0.9738, (153)

ln φH2S “ 0.9902´ 1´ ln
ˆ

0.9902
3.6193 ¨ 10´4 ¨ 200

˙

´

ˆ

4.0719 ¨ 10´4

3.6193 ¨ 10´4

˙

ln
ˆ

1` 3.6193 ¨ 10´4 ¨ 200
0.9902

˙

,

(154)

φH2S “ 0.9966, (155)

The next step is the calculation of the oxygen and sulphur fugacity. The example considers the QIF

mineral buffer for the fO2 (equation 38) and the Pyrite-Pyrrhorite buffer (equation 121) which is valid for

the temperature interval 567ăTă1016 K, resulting at 1000 K as:

fO2 “ 10p7.679´ 29673
1000 `0.05p200´1q{1000q “ 1.0374 ¨ 10´22, (156)

fS2 “ 10p19.41´ 21004
1000 `

2061770
10002 q “ 2.9361, (157)

The system is considered to be graphite saturated hence, the carbon activity (aC) is fixed to 1. The

carbon activity, the sulphur fugacity ( fS2) and the oxygen fugacity are determined hence, there is a system of

7 equations and 7 unknowns that can be solved algebraically (PH2, PH2O, PH2S, PSO2, PCH4, PCO2, PCO). The

calculated fugacity coefficients are employed for estimating the chemical composition of the gas mixture

considering that:

fi “ φiPi, (158)

Ptot “
fH2

φH2

`
fH2O

φH2O
`

fH2S

φH2S
`

fSO2

φSO2

`
fCH4

φCH4

`
fCO2

φCO2

`
fCO

φCO
“ 200 bar, (159)
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considering the equations from 122 to 127 the partial pressure can be expressed as:

PCO “

»

–

K113 f 1{2
O2

aC

φCO

fi

fl

C160

(160)

C160 “

¨

˝

K113 f 1{2
O2

aC

φCO

˛

‚“

˜

2.9045 ¨ 1010 ¨ p1.0374 ¨ 10´22q1{2 ¨ 1
1.0528

¸

“ 1.4310 ¨ 10´12 (161)

PCO2 “

„

K114 fO2aC

φCO2



C162

(162)

C162 “

¨

˝

K114 f 1{2
O2

aC

φCO2

˛

‚“

˜

4.7720 ¨ 1020 ¨ p1.0374 ¨ 10´22q1{2 ¨ 1
1.0170

¸

“ 0.0487 (163)

PCH4 “

„

K115pφH2q
2aC

φCH4



C164

pPH2q
2 (164)

C164 “

¨

˝

K115 f 1{2
O2

aC

φCH4

˛

‚“

˜

0.0937 ¨ p1.0374 ¨ 10´22q1{2 ¨ 1
1.0459

¸

“ 0.00976 (165)

PH2O “

«

φH2K116p fO2q
1{2

φH2O

ff

C166

PH2 (166)

C166 “

¨

˝

K116 f 1{2
O2
φH2

φH2O

˛

‚“

˜

1.1386 ¨ 1010 ¨ p1.0374 ¨ 10´22q1{2 ¨ 1.0441
0.9138

¸

“ 6.7479 ¨ 10´13 (167)

PH2S “

«

φH2K117p fS2q
1{2

φH2S

ff

C168

PH2 (168)

C168 “

¨

˝

K117 f 1{2
S2
φH2

φH2S

˛

‚“

˜

139.9848 ¨ p2.9361q1{2 ¨ 1.0441
0.9966

¸

“ 251.2960 (169)

PSO2 “

«

fO2K118p fS2q
1{2

φSO2

ff

C170

(170)
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C170 “

¨

˝

K118 f 1{2
O2
φH2

φH2S

˛

‚“

˜

1.1964 ¨ 1015 ¨ p1.0374 ¨ 10´22q1{2 ¨ 1.0441
0.9738

¸

“ 2.1840 ¨ 107 (171)

the total pressure is then:

Ptot “ C164pPH2q
2 `C166PH2 `C168PH2 ` PH2 `C170 `C162 `C160 (172)

the positive root of H2 is:

PH2 “
p´1´C166 ´C168q

2pC164q
`

rp1`C166 `C168q
2 ´ 4pC164qpC160 `C162 `C170 ´ Ptotqs

1{2

2pC164q
“ 0.7923 (bar)

(173)

the PH2 can be substituted in equations 164, 166 and 168. The final partial pressures are:

PCO “ 1.4310 ¨ 10´12 (bar) (174)

PCO2 “ 0.0487 (bar) (175)

PCH4 “ 0.0613 (bar) (176)

PH2O “ 5.3463 ¨ 10´13 (bar) (177)

PH2S “ 199.0978 (bar) (178)

PSO2 “ 2.1840 ¨ 10´7 (bar) (179)

2.10 Comparison of the speciation model C-O-H with previous literature

In the following section, I compare the gas speciation model (described in details in section 2.6) with the

model presented in Schaefer and Fegley (2017). In the example, the volatile outgassing is simulated at 1

bar of pressure and all the gas species are exsolved from the silicate melt. The input is therefore only the

temperature range which is 500 - 2000 K. The outputs are the oxygen fugacity of the system the CO/CO2
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Figure 13: Gas chemical speciation of the C-O-H-S system simulated with the method described in section
2.9 (French, 1966; Holloway, 1981; Huizenga, 2001).

and H2/H2O ratios. The different oxidation state of the system is simulated following (Schaefer and Fegley,

2017), where the distribution of iron with different oxidation state leads to different oxygen fugacity of

meteoritic composition. The iron oxidation states are: (0) metal iron Fep0q, ferrous iron Fep2`q in olivine

and pyroxene and ferric iron Fep3`q in magnetite and hematite (Schaefer and Fegley, 2017; Krot et al., 2014;

Rubin et al., 1988). By using this approach the oxidation states of the meteoritic compositions is calculated

according to Schaefer and Fegley (2017) as follows:

log10 fO2 “ a` bp103{T q ` cp106{T 2q ` dp109{T 3q ` f p1012{T 4q (180)

where T is the temperature in Kelvin and a, b, c, d and f are the coefficients listed in table 4 and are

valid for the temperature range 500 - 2000 K (figure 14).

Once the redox states of the meteoritic compositions are calculated, the following equilibria are solved

in the Schaefer and Fegley (2017) approach:

H2O H2 +
1
2

O2, (181)
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Meteorites a b c d f

CI 2.4976 -9.8605 -17.0701 7.5220 -1.0404
CV 9.0621 -31.193 5.1092 -1.8475 0.2000
H 5.0743 -22.906 -5.6610 2.0634 -0.2618

EH 4.9495 -24.024 -4.6236 1.7177 -0.2332
Eucrite 5.4856 -25.127 -3.6580 1.3014 -0.1650

Table 4: CI and CV are carbonaceous chondrites, H is a ordinary chondrite, EH is an enstatite chondrite
and one achondrite the Eucrite. The parameters are taken from Schaefer and Fegley (2017).

Figure 14: Petrological mineral buffers (NiNiO, QFM, IW and QIF) and meteoritic compositions as function
of temperature (Holloway et al., 1992; Fegley, 2013; Schaefer and Fegley, 2017).

CO2 CO +
1
2

O2, (182)

the molar ratios of H2/H2O and CO/CO2 are calculated via:

Kpeq:181q “

¨

˝

XH2 f 1{2
O2

XH2O

˛

‚, (183)

Kpeq:181q

f 1{2
O2

“
XH2

XH2O
, (184)

Kpeq:182q “

¨

˝

XCO f 1{2
O2

XCO2

˛

‚, (185)
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Kpeq:182q

f 1{2
O2

“
XCO

XCO2

, (186)

where Kpeq:181q and Kpeq:182q are respectively the equilibrium constants calculated as follows:

Kpeq:181q “
´12794

T
` 2.7768, (187)

Kpeq:182q “
´14787

T
` 4.5472, (188)

The equilibrium and mass balance method which is applied with the speciation model is described in

detail at section 2.6, the equilibria involved are:

2 H2 + O2 2 H2O, (189)

˜

X2
H2O

X2
H2

¸

“ K189 fO2, (190)

CO +
1
2

O2 CO2, (191)

XCO2

XCO
“ Kpeq:191q f 1{2

O2
, (192)

and the equilibrium constants are calculated as:

Kpeq:189q “ exp

˜

´∆rG0
peq:189q

R ¨ T

¸

“

˜

X2
H2O

X2
H2

fO2

¸

, (193)

Kpeq:191q “ exp

˜

´∆rG0
peq:191q

RT

¸

“
XCO2

XCO

1

f 1{2
O2

, (194)

where ∆rG0
peq:189q and ∆rG0

peq:191q are calculated with equation 30, and the H2/H2O and CO/CO2 ratios

are:

XH2

XH2O
“

1
a

Kpeq:189q fO2

, (195)

XCO

XCO2

“
1

Kpeq:191q f 1{2
O2

, (196)
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Figure 15: H2/H2O and CO/CO2 ratio calculated according to Schaefer and Fegley (2017) (left column) and
with the method described at section 2.6 (right column).

The outgassed composition for the temperature range 500 - 2000 K, at 1 bar of pressure and at different

oxidation state is shown in figure 15. The ratios of the volatile species are almost the same even if are

applied different techniques for calculating the equilibrium constants and different equilibria. The results

confirm how the oxygen fugacity of the system is crucial for estimating the volatile chemical speciation.

2.11 Summary

In the chapter, I describe the theory and the thermodynamic principles for simulating the chemical equilib-

rium reactions of gas phases. Essentially, the main parameters that affect the volatile chemical speciation

are temperature, pressure and redox state. The pressure regulates the volatile budget which is outgassed

following the volatile solubility laws as described in section 2.5. Temperature and redox states drive the

volatile chemical speciation between oxidised and reduced gas phases. I have developed different numerical

models for simulating the outgassing under different scenarios. The chapter starts with the model which

simulates the volcanic outgassing at surface for the C-O-H system considering as outgassed species H2O,

H2, CO2 and CO (section 2.6). This model is the most flexible and stable and for this reason it was the one

that was employed in the development of three research papers (sections 3.1, 3.2 and 3.3). The numerical

model simulates the majority of the natural volcanic outgassed volatiles and thus the most representative

for simulating a cumulative outgassed atmosphere of a rocky planet. The range of stability in terms of

temperature is very large (it covers the temperature interval for melt at low pressure 1000 ă T ă 2000 K)

and the pressure does not play a role since the outgassing occurs at surface. I have developed also other

numerical models to investigate more specific scenarios and considering the real gas behaviour. In section
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2.8, I added the methane to the numerical model of the C-O-H system. Methane is a very important gas

species at high pressure or at low temperature and thus the model considers the real gas behaviour. The

last model that was developed includes also the sulphur species (SO2, H2S and S2) simulating the C-O-H-S

system (section 2.9). Although the last model simulates the outgassing for the majority of volatile species,

it simulates the outgassing for real gas behaviour and thus, it has limitations in terms of temperature and

pressure range of investigation. It needs further development to extend the applicability to a wider range of

outgassing scenarios.
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3 APPLICATION OF THE CHEMICAL SPECIATION MODEL

3 Application of the chemical speciation model

The developed chemical speciation model has been applied for investigating the outgassing of the early

Earth and of rocky planets. The chapter includes three research papers and here I specify my personal

contribution to the articles:

• Section 3.1 has been published as ”Mantle redox state drives outgassing chemistry and atmospheric

composition of rocky planets” Scientific reports, 2020, 10.1: 1-14.

Author list: Ortenzi G., Noack L., Sohl F., Guimond C.M., Greenfell J.L., Dorn C., Schmidt J.M.,

Vulpius S., Katyal N., Kitzmann D. and Rauer H.

In the research paper we have analysed the volcanic degassing and the corresponding outgassed at-

mospheres for rocky planets with different sizes. My personal contribution has started since the

conceptualization of the research together with Noack L., Sohl F. and Rauer H. The first step was to

couple the chemical speciation model to a mantle convective regime for obtaining the outgassing rate

of stagnant lid planets of different sizes. Together with Noack L. and Guimond C., we coupled the

chemical speciation model to a preexisting mantle convective model. By doing this, we obtained a

degassing rate of stagnant lid planets as a function of: mantle volatile contents, temperature, pressure

and mantle redox states. The collected results were combined with preexisting simulations of atmo-

spheric thickness and partial pressure (Noack L., Dorn C. and Kitzmann D.). Thus, the model was

able to simulate the complete volatile path from the interior to the atmosphere. I led the writing, the

methodology (i.e combining the chemical speciation model with a mantle convection code), the inter-

pretation of the results and the review process of the paper (in collaboration with all the co-authours).

Specifically, Greenfell J.L., Katyal N. and Rauer H. contributed with the interpretation of the simu-

lated rocky planet atmospheres. Guimond C., Noack L., Schmidt J.M. contributed with the graphical

visualizations. Schmidt J.M., Vulpius S. and Noack L. performed the solubility calculations.

• Section 3.2 includes the submitted paper: ”The early Earth’s volcanic outgassing rates from mantle

convection, melting, and volatile speciation”. Submitted to: ”Physics of the Earth and Planetary

Interiors” (in revision).

Author list: Guimond C.M., Noack L., Ortenzi G. and Sohl F.

Claire Guimond spent one semester for an internship within the TRR-170 project at the Freie Uni-

versitaet Berlin. Thus, the research paper was developed within a collaboration in the TRR-170

project. In the research, we directly combined the chemical speciation model to outgassing simula-

tions for obtaining values of local temperature, pressure and volatile content during the early Earth

outgassing. My personal contribution was to share the chemical speciation model with Guimond
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C.M. and Noack L. and to couple it with a mantle convection code (the latter designed by Noack L.

and Guimond C.M.). I have actively participated in the writing, the methodology (i.e. the volatile

chemical speciation model), the interpretation of the results and the review process. The paper is

under the second round of the review process.

• Section 3.3 has been published as ”Effect of mantle oxidation state and escape upon the evolution of

Earth’s magma ocean atmosphere”. Astronomy and Astrophysics 643, A81 (2020).

Author list: Katyal N., Ortenzi G., Grenfell J.L., Noack L., Sohl F., Godolt M., Muñoz A.G., Schreier

F., Wunderlich F. and Rauer H.

Nisha Katyal was a post-doc at the ”Institute of Planetary Research” at the DLR Berlin in the TRR-

170 project. We analysed the magma ocean volcanic outgassing by combining the volatile chemical

speciation model with a line-by-line radiative transfer model for investigating the infrared emission

and transmission at the top of the atmosphere. I participated to the conceptualization of the research

with Katyal N. We started with combining the gas chemical speciation model and the line-by-line

radiative transfer model. The aim was to simulate the outgassed atmosphere of a magma ocean

planet considering different redox states of the mantle. With the combined model we simulated the

H2 escape and the infrared transmission at the top of the atmosphere. My contribution was in the

writing, the conceptualization of the paper, the methodology (i.e. the chemical speciation model and

its combination with the atmospheric model), the interpretation of the results and the revision of the

last version of the paper.
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3.1 Mantle redox state drives outgassing chemistry and atmospheric composition

of rocky planets

Ortenzi G., Noack L., Sohl F., Guimond C.M., Greenfell J.L., Dorn C., Schmidt J.M., Vulpius S., Katyal N.,

Kitzmann D. and Rauer H. Mantle redox state drives outgassing chemistry and atmospheric composition of

rocky planets. Scientific reports, 2020, 10.1: 1-14, DOI https://doi.org/10.1038/s41598-020-67751-7

3.1.1 Abstract

Volcanic degassing of planetary interiors has important implications for their corresponding atmospheres.

The oxidation state of rocky interiors affects the volatile partitioning during mantle melting and subsequent

volatile speciation near the surface. Here we show that the mantle redox state is central to the chemical

composition of atmospheres while factors such as planetary mass, thermal state, and age mainly affect the

degassing rate. We further demonstrate that mantle oxygen fugacity has an effect on atmospheric thickness

and that volcanic degassing is most efficient for planets between 2 to 4 Earth masses. We show that out-

gassing of reduced systems is dominated by strongly reduced gases such as H2, and only smaller fractions

of moderately reduced/oxidised gases (CO, H2O). Overall, a reducing scenario leads to a lower atmospheric

pressure at the surface and to a larger atmospheric thickness compared to an oxidised system. Atmosphere

predictions based on interior redox scenarios can be compared to observations of atmospheres of rocky

exoplanets, potentially broadening our knowledge on the diversity of exoplanetary redox states.

3.1.2 Introduction

Atmospheric evolution on a rocky planet is affected by numerous fundamental processes. Generally, at-

mospheres can be accreted from the proto-planetary disk (primordial atmosphere), or outgassed from the

interior either during the cooling of a magma ocean (primary atmosphere) or by volcanism during the

planet’s long-term geological history (secondary atmosphere). The total volume of volcanic outgassing is

the sum of the contribution from the deeper magmatic emplacements, also called passive degassing, and

from extrusive volcanism (discussed in detail in the supplementary materials). Furthermore, atmospheres

can be lost via escape (driven by thermal or non-thermal processes or via large impacts) and enriched via

delivery from smaller impacts (Van Hoolst et al., 2019). The interplay of these central processes deter-

mines the atmospheric evolution and observable gas species in the atmosphere. Gaseous species released

from present-day volcanoes on Earth are dominated by H2O and CO2 which are strong greenhouse gases

(Schaefer and Fegley, 2010). Consequently, a planet’s potential to develop habitable conditions is linked to

interior processes in a variety of ways (Shahar et al., 2019).

The oxidation state of the mantle at a given point in time depends on numerous factors such as the

54



3 APPLICATION OF THE CHEMICAL SPECIATION MODEL

primordial disk composition, core-mantle processes and loss of atmospheric hydrogen to name but a few

(Kasting et al., 1993). During the core segregation process, the co-existence of liquid iron and silicate led

to a reduced mantle (Wood et al., 2006). The oxidation of the mantle is related to core differentiation and

depends on factors such as the mantle pressure, temperature and stellar irradiation (Wordsworth et al., 2018;

Righter and Ghiorso, 2012). The Earth’s upper mantle is oxidized at present; geological evidence suggests

that this transition from a reduced mantle to an oxidized one occurred during its earliest evolution, although

the exact timing is still debated (Trail et al., 2011; Smart et al., 2016; Frost et al., 2008; Nicklas et al.,

2018, 2019; Pahlevan et al., 2019). Whether rocky exoplanets are expected to follow an analogous pattern

in redox state represents a major uncertainty in the understanding of their atmospheric evolutions. Previous

model studies of rocky planets have suggested that the efficiency and the composition of volcanic outgassing

depend on properties such as mass, thermal state, age, tectonic style and planetary bulk composition (Kite

et al., 2009; Noack et al., 2014, 2017; Tosi et al., 2017; Dorn et al., 2018). Here, we simultaneously

investigate the different phases of the volatile pathways from the interior to the atmosphere, combining

processes that are usually analysed separately. We analyse planets operating in a stagnant lid tectonic

regime. We do not consider whether any lingering gases from the primary atmosphere would affect the

compositions of the secondary atmospheres we model. This assumes that the species degassed during a

short magma ocean stage would be lost or replaced within billions of years of volcanic outgassing. A

massive atmosphere during the magma ocean phase most likely implies a surface still molten and therefore,

not a stagnant lid planet (Nikolaou et al., 2019; Katyal et al., 2019). In particular, we analyse how a planet’s

mantle redox state affects its outgassed atmospheric composition through the double influences of mantle-

melt volatile partitioning and gas chemical speciation. Whether outgassing is dominated by reduced or

oxidized species can regulate the atmospheric scale height (equation 223) via the mean molecular mass.

The smaller molecular weights of CO, H2O and H2 as compared to CO2 generate less dense atmospheres

leading to a larger atmospheric thickness. In our work we consider the three main elements on Earth which

together constitute the bulk of Earth’s volatile molecular inventory and which are central for determining

surface habitability conditions, namely C, H and O.

3.1.3 Results

To investigate the variations in atmospheric composition and surface pressure for rocky exoplanets of dif-

ferent masses, we consider the influence of the initial volatile content in the magma and the melt redox

state. Our numerical model simulates the volatile flux from the mantle to the atmosphere, as detailed in the

methods section. In section 3.1.5 we calculate the volatile solubility in the silicate melt and the gas chemical

speciation of the C-O-H system. Finally, in section 3.1.5, we simulate the atmosphere evolution analysing

the final volatile composition and the atmospheric radial extent. Dorn et al. (2018) modelled in total 2,340
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different rocky planet evolutionary cases by varying initial conditions and major element compositions of

hypothetical exoplanets, while assuming a fixed amount of CO2 melt concentration and oxidised conditions

in the melt. Here, we use the same cases as reported in Dorn et al. (2018) but consider that both H2O and

CO2 are stored in the mantle subsequent to the solidification of the magma ocean (Elkins-Tanton, 2008;

Hier-Majumder and Hirschmann, 2017), combined with variable redox scenarios. Table 5 lists different

cases of volatile amounts in the melt, based on three volatile delivery cases investigated for Earth in Elkins-

Tanton (2008). In our simulations, we employed as starting volatile contents of the mantle the H2O and CO2

stored after the magma ocean solidification (table 5). Whereas the first and second cases assume different

relative amounts of CO2 and H2O, the third case considers a dry scenario where only CO2 was delivered.

To investigate the influence of H2O degassing for a more carbon-rich mantle, we add a small amount of

water to the third case. We consider different mantle redox states reproducing an oxidised (Iron-Wuestite

buffer) and a reduced scenario (Quartz-Fayalite-Magnetite buffer) and their influence upon the amount and

composition of the outgassed volatiles (see Section 3.1.5). This results in a total of 28,080 evolutionary

scenarios.

Table 5: Initially delivered volatile concentrations in the magma ocean (weight percent) and resulting
volatile fractions stored in the mantle after the magma ocean solidification, based on different initial de-
livery scenarios from Elkins-Tanton (2008). The CO2 is stored as graphite in the mantle. a We consider
here a small water fraction instead of the dry case investigated in Elkins-Tanton (2008).

Delivered Stored

Case H2O CO2 H2O CO2

Low 0.05 0.01 0.015 0.0022
High 0.5 0.1 0.045 0.005
Dry 0 0.6 0.005a 0.018

Given the initial volatile contents in the mantle, the corresponding concentrations in the melt are reg-

ulated by the partitioning between the mantle and the melt produced. For carbon species, this is directly

influenced by the oxidation state of the system (equation 198). The main effect is that for reducing con-

ditions, the dissolution of carbonates from the mantle rocks into the melt is suppressed, and therefore the

volatile content in the magma will be dominated by water. On the other hand, an oxidising scenario favours

an enrichment in carbonates in the melt. Hence, melts with different volatile contents can be generated even

if they originate from source rocks with identical starting volatile concentrations but different redox states.

Once the melt reaches the surface, we simulate the dissolved gas chemical speciation in the C-O-H system.

Figure 16 illustrates the combined effects of volatile melt partitioning and speciation on the ultimate

outgassing chemistry. The upper panel isolates the redox-dependence of the surface (1 bar pressure) gas

speciation for a constant volatile concentration in the melt; without calculating the melt partitioning. This

essentially reproduces (Holland, 1984): H2 and CO are the most abundant outgassed species in the more
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Figure 16: Composition of outgassed volatiles as a function of oxygen fugacity which is shown in logarith-
mic values relative to the Iron-Wuestite buffer, where the initial volatile composition is 50 mol% for both
H2O and CO2. The most oxidised case shown here (IW+4) reflects a redox state similar to Earth’s upper
mantle at present day temperature. Top: Outgassed volatile composition without considering the mantle-
melt composition (i.e. starting volatile composition is considered in the melt). Middle: Weight percent of
carbonates dissolved in the melt as a function of oxygen fugacity at 2200 K and 10 GPa. Bottom: Outgassed
volatile composition considering the mantle-melt volatile partitioning and the volatile chemical speciation.
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reducing states (log fO2 ă 0), while in the more oxidised scenarios (log fO2 ą 1), the principal gas phases

are H2O and CO2. However, as described above, the volatile concentrations in the melt depend on redox

state as well (middle panel). If both of these effects are coupled (bottom panel), we get rather different

results for the outgassed composition. Now in reducing scenarios, H2 is the most outgassed species, while

zero-to-little CO is degassed because the carbonate partitioning in the melt is inhibited. Upon increasing

the oxidation state, carbonate starts to become present and the outgassing is dominated by CO2 and H2O.
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Figure 17: Shaded area is the 1σ variation while lines represent the median of the modelled evolution of
atmospheric thickness bottom panel) and outgassed pressure (top panel) over 4.5 Gyr, where subplots group
simulations by planet mass. Black dashed lines represent reduced mantles (IW buffer), while green solid
lines represent oxidised cases (QMF buffer).

Atmospheric evolution is analysed considering melt fluxes over time in combination with the volatile

solubility and the chemical equilibrium during the outgassing process. Therefore, the scenarios performed

here are affected by the melt production, temperature, pressure, volatile content and oxidation state of the

system. For simplicity, we select the atmospheric pressure at the surface as the outgassing pressure. The

pressure has a direct influence on the volatile solubility in the melt and the outgassed composition. The

bottom panel of figure 17 displays the median and 1σ variation (68% confidence interval) of modelled

atmospheric thickness, expressed in units of planetary radius over time for the four different planetary

masses investigated. Results suggest a general decrease in atmospheric thickness with increasing planetary

mass, hence increased surface gravity in the scale height definition (see Equation 223), and larger radial

atmospheric extent for reducing conditions. Figure 17 (top panel) shows the atmospheric pressure over time

at different redox states and planet sizes. In the analysed cases, highest outgassing values occur for planets

of several Earth masses, and oxidised mantles lead to higher atmospheric surface pressure as compared to
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Figure 18: Melt production over time (Gyr) for different planet sizes considering an Earth-like interior
structure and composition. With increasing planet size there is a delay in the production of melt and no
further magma generation for massive planets above 4ME .

reduced mantles since the oxidised volatile species have a higher molecular weight than reduced gases (in

the case of H2O versus H2 the weight varies by a factor of nine). After 4.5 Gyr of mantle convection, most

degassing from the interior (if it occurred) had already taken place Dorn et al. (2018), although in general

the more massive the planet, the later degassing occurs. The outgassing lag for increasing planetary mass is

due to the larger internal pressure which produces a higher mantle viscosity. The rheology variation reduces

the vigor of mantle convection so that outgassing starts later compared to planets with lower mass (Figure

17). An increasing planet mass leads to higher initial mantle temperatures and an increased inventory of

volatiles and radioactive heat sources. This is reflected in a larger amount of volcanic activity and outgassing

for planets with masses up to 2 to 4 ME (depending on the specific simulation parameters). However, for

planets of masses above this threshold, we can observe a negative trend in volcanic activity. This trend

is directly related to the increasing planetary mass and surface gravitational acceleration and therefore

increasing pressure gradient in the lithosphere. The pressure at the bottom of the lithosphere leads to a

higher melting temperature than for Earth-mass planets, causing reduced or even no outgassing (see Figure

18 using longer, sample evolution scenarios up to 10 Gyr for planets of different masses but with the most

Earth-like composition scenario in our data set).

Figure 19 compares atmospheric thickness and the resulting partial pressures obtained for all inves-

tigated cases as a function of the planetary mass. The degassing trend still reflects that under oxidising
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Figure 19: Change of atmospheric thickness and outgassed partial pressures with planetary mass after 4.5
Gyr of simulated mantle convection. Individual panels compare reduced mantles (IW buffer) with oxidised
mantles (QFM buffer), and rows indicate different initial volatile cases (i.e. dry, low, high) from table 5.
The left column of the panel shows the mass-dependence of modelled atmospheric thickness, comparing
reduced mantles (black dashed line) with oxidised mantles (green solid line). Shaded areas show the 1σ
variation across all simulations therein, while the lines denote the median. In the central and right column
we examine the partial pressures of H2O (purple swaths), H2 (green swaths), CO2 (orange swaths), and CO
(red swaths). Shaded areas show the 1σ variation across all simulations therein, considering that for a given
volatile and redox scenario, factors causing variation in atmospheric thickness include bulk Mg/Fe/Si ratios
and initial mantle temperature profiles and heat sources.

conditions the atmospheric pressure will be larger and mainly composed of H2O and CO2. On the other

hand, under reducing conditions the atmospheric pressure is lower because a part of the H2O content is

replaced by H2 and CO outgassing is favoured over CO2 though strongly limited due to the smaller car-

bonate content in the reduced melt. Concerning the influence of the planetary mass, for both reducing and

oxidising cases, maximum degassing occurs between 2 and 4 Earth masses. A higher molecular weight

of the atmosphere leads to a shallower atmospheric vertical extent. This can be seen in the left column of

figure 19, which shows the median and 1σ variation of atmospheric thickness as a function of the planetary

mass after 4.5 Gyr of mantle convection, for different initial volatile contents. For all the volatile scenarios,

the oxidation level leads to strongest differences in atmospheric thicknesses for the low-mass planets. In

the case of a more reduced mantle, the atmospheric thickness is generally larger compared to the oxidised
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case. However, this difference decreases as the planetary mass increases. In addition, results suggest either

low or virtually zero outgassing rates for the more massive planets considered here, consistent with Noack

et al. (2017) and Dorn et al. (2018).
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Figure 20: Evolution of an outgassed atmosphere’s total pressure for different scenarios, showing a single
case (mass = 1 MC, initial volatile concentrations XCO2 = 22 ppm, XH2O = 150 ppm, Fe/Si = 0.5, Mg/Si
= 1.0) as an example. The dashed blue line represents the atmospheric evolution without considering
solubility, hydrogen escape, or water condensation. The solid green line shows the melt solubility effect on
outgassing, but neither hydrogen escape nor water condensation are simulated. The dotted line shows the
case where hydrogen escape and water condensation are simulated.

We performed simulations considering also the H2 atmospheric escape and the H2O condensation in an

ocean layer. Figure 20 shows surface pressure as a function of time for an Earth mass planet assuming that

all the hydrogen is lost to space via escape, and all of the water retained in oceans. These results suggest

that the evolution of the atmospheric composition is strongly linked/coupled with the surface pressure. The

dashed blue lines denote runs which assume no solubility limitations to the outgassing of H2 and H2O and

resulting in a large atmospheric pressure at surface. For the reducing state (IW buffer), the surface pressure

is lower compared to the oxidised case (QFM buffer), as expected. The green solid lines denotes runs

which show the effect of solubility without hydrogen escape and water condensation (all gases remain in

the atmosphere). Here, due to the solubility effect, there is a slight difference in the surface pressure between

the IW and the QFM buffers. The dotted lines represent the scenario where all the hydrogen escapes and the

water condenses. In this case, the pressures at the surface are lower compared to the other cases analysed.

The chemistry of the atmosphere reflects the reducing or oxidizing nature of the mantle in terms of a CO-

versus a CO2-dominated atmosphere.

61



3 APPLICATION OF THE CHEMICAL SPECIATION MODEL

Figure 21: Scatter plot showing calculated atmospheric thicknesses versus planetary radii of all 7,650 sce-
narios which result in outgassing. Colours indicate mantle redox buffers (black is IW; green is QFM.) The
range of planet radii corresponding to the individual input planetary masses are marked with horizontal
lines.

To summarise the effect of the oxygen fugacity on the radial extent of the atmosphere, figure 21 com-

pares the calculated atmospheric thicknesses for different planet radii considering the two different petrolog-

ical mineral buffers assuming no atmosphere losses. There is a marked difference between the atmospheric

thickness for the reducing (IW) compared to the oxidising (QFM) scenario. In all the cases analysed, the

reduced states have larger atmospheric thicknesses than the oxidised scenarios. It is interesting to note,

that even though the reducing scenario atmospheres have smaller masses and densities, in our simulations

their atmospheric thicknesses are larger than in the oxidised cases. This is due to the different molecular

weights of the outgassed species. In a reducing scenario the volatiles have a smaller molecular weight and

this results in a larger atmospheric thickness.
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3.1.4 Discussion

Our numerical simulations show that the mantle’s redox state influences the volatile content of the melt as

well as the volatile chemistry during degassing. On the other hand, planetary mass affects the total volume

of melt that is produced and hence the volatile depletion of the mantle. Some authors (Wood et al., 2006;

Ramirez et al., 2014) have suggested there is an influence of planet mass on the oxidation of the mantle.

More massive planets are able to reach higher central pressures, which facilitate more effective dispropor-

tionation of ferrous iron and its segregation into the core. Further, (Elkins-Tanton and Seager, 2008) have

hypothesized coreless super-Earths, which would not see any mantle oxidation from this mechanism. Since

we consider multiple redox buffers for all planets, our analysis does not exclude the possibility of coreless

super-Earths and the idea that Mars-sized planets may generally have more reduced mantles (Ramirez et al.,

2007). Figure 16 (middle panel) shows that the CO 2–
3 partitioning in the melt is suppressed in the reducing

scenarios causing an enrichment in H2O in the rising melt and favoring an outgassing of H2O or H2 over

carbon-containing species. When the melt reaches the surface, the gas chemical speciation governs the

partial pressure of the different outgassed volatile species (Figure 16, bottom panel) and the atmospheric

composition. Figure 19 shows the variation of the gas species due to different melt oxidation states. De-

pending on the initial volatile composition, CO, H2 and H2O dominate the outgassing for the reduced mantle

case whereas H2O and CO2 dominate for the oxidised case. Assessing the melt fluxes and the volatile out-

gassing, we analysed atmospheric growth and evolution over time. Masses from 2 to 4 Earth masses are the

most efficient in depleting the mantle of volatiles and outgassing large volumes of gas. As shown in figure

19, the reducing scenarios produce a larger atmospheric thickness compared to the oxidised cases. This

is due to the different atmospheric composition between the two analysed cases. In the reducing case, the

smaller molecular weights of CO, H2O and H2 compared to CO2 favour atmospheres which are less dense

and which have a larger atmospheric scale height.

Considering atmosphere evolution, one aspect that affects the final composition is hydrogen escape,

which was treated in a simplified way in figure 20. In general, transport (via eddy or molecular diffu-

sion) together with photochemistry of H-containing species from the surface to the lower boundary of the

homopause can result in the loss of atomic hydrogen from the atmosphere to space. Diffusion-limited es-

cape depends on the atmosphere species, the hydrogen mixing ratio and the scale height of the atmosphere

(equation 223). The diffusion of hydrogen to space is limited by the rate of transport of molecules from

the atmosphere below. On the other hand, the loss of hydrogen dominated atmospheres due to the host star

can be limited by the XUV energy which is dependent upon several factors such as stellar age, rotation and

activity (Johnstone et al., 2015). For planets with strong hydrogen outgassing or/and Super-Earths which

retain hydrogen envelopes, H2 can modify climate by influencing the greenhouse affect (Pierrehumbert and
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Gaidos, 2011). Regarding the loss of hydrogen from early Earth’s atmosphere, a rapid steam collapse lead-

ing to the formation of a water ocean would likely result in enhanced hydrogen escape from the atmosphere

due to the strong EUV radiation of the young Sun. Atmosphere sinks (e.g. erosion, condensation, car-

bonate formation) and chemical reactions in the atmosphere can change the redox state and composition

of the atmosphere Wordsworth and Pierrehumbert (2014); Luger and Barnes (2015), but a reduced interior

with strong, long-lasting volcanic activity would be expected to replenish reduced gases to the atmosphere,

which might lead to detectable signatures.

The forthcoming PLATO mission (Rauer et al., 2014; Rauer et al., 2016) will observe planetary radii

down to an accuracy of 3 percent. For an Earth-like (Venus-like) planet, making the (rather approximate)

assumption that transit measurements will be made in the atmosphere above „70 km (200 km) depending

on wavelength, suggests that the atmospheric contribution to the observed radius makes up „1.1 (3.3)

percent overall. We showed that the redox state of the mantle is one of the main factors influencing the

thickness of the atmosphere and its evolution, translating into a few percent change (all other things being

equal) in the observed planetary radius. This range is indeed comparable with the detection accuracy of

the PLATO mission. The interior redox state of rocky planets could therefore be constrained with PLATO

data especially for the thicker, Venus-like terrestrial atmospheres orbiting quieter stars where atmospheric

escape is kept to a modest level and where condensation of water is unlikely.

In conclusion, our simulations show that redox-dependent geophysical models can improve interpreta-

tion of observed atmosphere data and provide a first-order characterisation of the interior chemical state of

rocky exoplanets. Future observations of the atmospheric composition could give further constraints on the

interior. Knowledge about the reducing or oxidising state of an atmosphere can guide future selection of

target candidates for follow-up missions to detect a potentially habitable or even inhabited planet.

3.1.5 Methods

Melting and volatile partitioning For investigating the transfer of volatiles from the interior to the atmo-

sphere we use a 2D thermal evolution model to simulate mantle convection and melt production over time.

In order to cover a wide range of different possible exoplanets, according to (Noack et al., 2017; Dorn et al.,

2018) we vary the initial conditions of the system considering different planet masses (from 1 to 8 Earth

masses), Mg/Si and Fe/Si ratios (0.5, 1 and 1.5 times solar values), distribution of iron between mantle

and core (going from small cores with a high mantle iron content to the largest possible iron cores), the

initial lithosphere thickness (50 to 100 km), initial upper mantle temperature (from 1600 to 2000 K beneath

an initial lithosphere), temperature difference between core and mantle, initial amount of radiogenic heat

sources (from 0.5 to 1.5 times Earth values), different mantle rheology and a wet compared to a dry mantle.

For more details on the parameter cases we refer the reader to (Dorn et al., 2018). Melting occurs locally if
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the mantle temperature rises above the solidus melting temperature (Hirschmann, 2000; Katz et al., 2003)

and we assume that 10% (Crisp, 1984) of the melt is immediately extracted to the surface and contributes

to outgassing. The amount of melt depends on the rock composition that affects the solidus temperature,

the internal thermal state and the size of the planet. The melting temperature is affected by variable initial

iron and volatile content of the mantle (Noack et al., 2017; Dorn et al., 2018). The internal thermal state

(i.e. the initial mantle temperature and the quantity of radioactivity heat sources) regulates the production

of melt. Melting leads to the mantle being depleted in volatiles.

Our mantle and melt model is based on previous outgassing studies (Noack et al., 2017; Dorn et al.,

2018) conducted with the convection code Crust, Habitability, and Interior Code (CHIC). CHIC is a 2D

convection code which simulates the mantle convection in a stagnant lid tectonic regime solving the con-

servation equations of mass, momentum and energy in the rocky mantle (Noack et al., 2017). We use a

regional 2D spherical annulus geometry (Hernlund and Tackley, 2008) with the mantle being divided into

cells with height of 25 km each. Pressure dependent parameters such as mineral-dependent density, ther-

mal expansion coefficient and heat capacity for an adiabatic temperature profile are employed as in Dorn

et al. (2018). We model a compressible mantle by employing the truncated anelastic liquid approximation

(TALA). In Dorn et al. (2018), we assumed for simplicity that the mantle is homogeneously mixed at all

times, and that its hydrogen and carbon are continuously depleted upon melting. However, in the present

study, we a posteriori employ a redox-dependent partitioning of carbonates into the melt based on Grott

et al. (2011), Holloway (1981), Holloway et al. (1992), and consider partitioning of water into the melt

based on Katz et al. (2003). We apply a batch melting model, based on our assumption that the melt is in

equilibrium with the source rock before it rises to the surface. The partitioning of volatiles from the rock to

the melt depends on the mantle-averaged melt fraction F and partition coefficient DH2O via,

Xmelt
H2O “

Xrock
H2O

DH2O ` Fp1´ DH2Oq
, (197)

where we take DH2O to be constant and equal to 0.01 Michael (1995).

We assume that carbon is stored in the mantle in the form of graphite, and dissolves into the melt in the

form of carbonate ions, CO 2–
3 . The amount of carbonate present is directly linked to the oxygen fugacity,

fO2 (Grott et al., 2011; Holloway, 1998). The CO2 abundance in the melt used for the gas speciation model

can then be calculated as follows:

Xmelt
CO2

“

„

MCO2

fwm
Xmelt

CO 2–
3

 N „

1´
ˆ

1´
MCO2

fwm

˙

Xmelt
CO 2–

3



, (198)

where MCO2 is the molar mass of carbon dioxide and fwm is the formula weight of the melt where the
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number of atoms considered in the lattice unit are expressed per oxygen atom. In this way we assume

fwm=36.594 based on the 1921 Kilauea tholeiitic basalt following the approach of Holloway et al. (1992).

The amount of carbonates dissolved in the melt can be calculated from equilibrium constants K1 and

K2:

Xmelt
CO 2–

3
“

K1 K2 fO2

1` K1 K2 fO2

log10 K1 “ 40.07639´ 2.53932ˆ 10´2 T

`5.27096ˆ 10´6 T 2 ` 0.0267
p´ 1

T

log10 K2 “ ´6.24763´
282.56

T
´ 0.119242

p´ 1000
T

for temperature, T , in K and pressure, p, in bar, and where fO2 is calculated based on different assumed

redox buffers as described in Section 3.1.5.

For a more realistic treatment of volatile depletion in the mantle upon melting, we divide the mantle into

two different volatile reservoirs, namely the upper and lower mantle respectively. We assume here that the

mineral phase transition for ringwoodite to perovskite which separates the mantle into these two reservoirs

takes place at 23 GPa (hence not accounting for any thermal effects on the transition pressure). The mantle

pressure profile is directly obtained from the interior structure model that also gives us depth-dependent

profiles for material parameters such as density and thermal expansion coefficient depending on our input

mantle composition. The assumed initial volatile content (see table 5) is homogeneously applied to the

entire mantle. Melting depletes the upper mantle due to partitioning of volatiles into the melt (equations

197 and 198).

Mixing between upper and lower mantle depends on the convective velocity v of the mantle. While

our convection simulation gives us information on the local convective strength, a global measure for the

efficiency of mixing can be directly obtained from a common scaling law (Grott et al., 2011) linking the

average mantle convective velocity with the composition-dependent Rayleigh number Ra, which is a non-

dimensional indicator of the convection efficiency:

v “ 2 ¨ 10´12
ˆ

Ra
450

˙p1{3q

(m/s), (199)

Ra “
ρgα∆T D3

κη
(200)

The Rayleigh number Ra depends on the density ρ, gravitational acceleration g, thermal expansion coeffi-

cient α, mantle thickness D, thermal diffusivity κ and mantle viscosity η. ∆T is the temperature contrast

across the mantle. Following common mantle convection parameterizations (which in our study are based
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on Grott et al. (2011)). The volume of mantle material transported from the lower into the upper mantle can

then be estimated via:

Vexch “ 0.5v dt Atr, (201)

where dt is the time step in seconds and Atr is the surface area of the boundary between upper and lower

mantle. Note we do not take into account that the phase transition from upper to lower mantle can reduce

convective material exchange; we therefore overestimate volatile outgassing during the earlier stages of

planetary evolution.

The average volatile content of the upper mantle (’um’) and lower mantle (’lm’) is then calculated in

each time step as follows:

Xrock,um
H2O,new “ Xrock,um

H2O
Vum ´ Vexch

Vum
` Xrock,lm

H2O
Vexch

Vum
(202)

Xrock,lm
H2O,new “ Xrock,lm

H2O
Vlm ´ Vexch

Vlm
` Xrock,um

H2O
Vexch

Vlm
(203)

When melting occurs in the upper mantle, and if the melt is buoyant (Ohtani et al., 1995; Jing and

Karato, 2009), we assume that it is transported instantaneously upwards to the surface. Based on modern

Earth average values for continental crust (Crisp, 1984), we expect that about Xextr = 10% of the melt

reaches the planet surface as extrusive melt and contributes to degassing into the atmosphere and we set

this value as input in our model. In the discussion section, we further discuss possible contributions from

intrusive melt pockets in the crust.

Gas speciation model To simulate the gas chemical speciation at different redox states we consider the

Iron-Wustite (IW) and the Quartz-Fayalite-Magnetite (QFM) petrological mineral buffers. A mineral buffer

is commonly employed in experimental petrology to keep constant the oxygen fugacity level in a reaction

and to reproduce an oxidised or reduced state. By simulating the behaviour of mineral buffers, we calculate

the oxygen fugacity of the system at different pressures and temperatures. For simulating a reducing case

we simulate the QFM buffer while for the oxidising scenario we reproduce a redox state associated to the

IW buffer. Normally, one would expect the oxidation state to change depending on the mantle composition,

the proportion of FeO to Fe3O4, and the degassing of reduced species (Kasting et al., 1993; Frost and

McCammon, 2008; Sharp, 2017). For simplicity, we hold oxidation states to constant values corresponding

to IW and QFM mineralogical buffers.

Volatile chemical speciation in the C-O-H system is calculated via the “Equilibrium and mass balance

method” (French, 1966; Holloway, 1981; Fegley, 2013; Gaillard and Scaillet, 2014; Schaefer and Fegley,

2017) for a wide range of pressures, temperatures and oxygen fugacities. Since the oxidation state of the

melt strongly affects the chemical speciation of the volatiles therein, a speciation model has to calculate the
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oxygen fugacity, fO2, at a given temperature and pressure.

We assume the following common petrological mineral buffers:

2 Fe + O2 2 FeO, pIWq (204)

3 Fe2SiO4 + O2 2 Fe3O4 + 3 SiO2, pQFMq (205)

Each mineral buffer has a characteristic temperature-dependent fO2 curve (Holloway et al., 1992). Con-

sidering that the outgassing is simulated at the surface the pressure has only a negligible effect, as shown in

figure 22. The calculated redox states are then used to estimate the partial pressures of each volatile (H2,

H2O, CO and CO2) as a function of oxygen fugacity ( fO2) following (Holland, 1984). According to the

approach of (Gaillard and Scaillet, 2014), to estimate the volume of volatiles that remain in solution in the

melt and the outgassed species we combine the gas-melt (solubility) with the gas-gas equilibria (degassing).

The gas-melt equilibria involved are:

H2O
(fluid) + O2–(melt) 2 OH–(melt) (206)

CO (fluid)
2 + O2–(melt) CO 2–(melt)

3 (207)

H (fluid)
2 H (melt)

2 (208)

Considering the atmospheric pressure at the surface as degassing pressure, equilibria 206 and 207 are simu-

lated according to (Iacono-Marziano et al., 2012) while we assume that all the H2 and the CO are outgassed

because of their low solubilities in silicate melts (Gaillard et al., 2003; Morizet et al., 2010; Pawley et al.,

1992).

Hydrogen is distributed between H2 and H2O via the following gas-gas equilibrium:

2 H (fluid)
2 + O2 2 H2O

(fluid). (209)

The equilibrium constant (K3) for this reaction can be expressed:

K3 “ exp

˜

´∆rG0
3

R ¨ T

¸

, (210)

where R is the universal gas constant (8.314 J K´1 mol´1), T denotes the temperature of the degassed
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Figure 22: The variation of oxygen fugacity with melt temperature at different pressures for the IW and
QFM redox buffers.

material in Kelvin, and ∆rG0
3 denotes the Gibbs free energy of the reaction in equation (209). The latter

depends only on the Gibbs free energy of formation of water, ∆ f G0
H2O

, via

∆rG0
3 “ 2∆ f G0

H2O. (211)

Knowing K3 one can calculate the ratio of H2O to H2 at equilibrium. This has a direct dependence on fO2:

ˆ

XH2O

XH2

˙2

“ K3 fO2, (212)

Carbon is distributed with the gas-gas equilibrium between CO and CO2 via:

CO(fluid) +
1
2

O2 CO (fluid)
2 , (213)

whose relative pressures are similarly set by the corresponding equilibrium constant,

K4 “ exp

˜

´∆rG0
4

RT

¸

“
XCO2

XCO

1

f 1{2
O2

, (214)

where

∆rG0
4 “ ∆ f G0

CO2
´ ∆ f G0

CO. (215)
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Table 6: Standard Gibbs free energies of formation used in this work are calculated via the gas reactions
from Fegley (2013), valid for 1 bar pressure and the temperature (T ) range 298–2500 K. Carbon is consid-
ered to exist in the form of graphite in our analysis.

∆ f G0 “ a` bT log T ` cT
a b c

2 C + O2 = 2 CO -214104.0 25.2183 -262.1545
C + O2 = CO2 -392647.0 4.5855 -16.9762
2 H2+ O2= 2 H2O -483095.0 25.3687 21.9563

The values of ∆ f G0 for each species have been determined empirically and can be found in standard thermo-

dynamic tables from the literature (Chase, 1999) (table 6). This enables the calculation of volatile chemical

speciation at equilibrium from the temperature, pressure and oxidation state of the system.

We do not consider atmospheric climate, photochemistry or convection. Processes such as the hydro-

logical cycle, surface-atmosphere exchange and atmospheric escape are the subject of future work. We set

the degassing temperature to the liquidus melting temperature, which is about 2000 K (e.g., Katz et al.,

2003) and the surface pressure as outgassing pressure. Furthermore, we do not include O2 since the O2 par-

tial pressure in the mantle is at least five orders of magnitude lower (10´5 bar) compared to other volatile

species (French, 1966; Holloway, 1981). Similarly, CH4 concentrations in a high-temperature and low pres-

sure magmatic context are insignificant, if present at all (Chiodini, 2009; Oppenheimer et al., 2014). As

reported by (Wetzel et al., 2013; Ramirez et al., 2007; Zhang and Duan, 2009), methane starts to be present

at redox conditions below the IW buffer and at very high pressure at depth within the lithosphere. There-

fore, in our simulations we exclude the methane because we do not reproduce reducing states below the IW

buffer and we simulate the degassing at the surface, where the atmospheric pressure never reaches values

comparable to the lithostatic pressures.

Volatile outgassing and atmospheric height. We obtain melt fluxes over time from our mantle con-

vection code, together with the gas fractions of the species CO, CO2, H2, and H2O depending on volatile

content, temperature, and redox state of the melt.

The masses of the various atmospheric species which accumulate over time k are calculated via:

MH2O
atm “ Xextr

n
ÿ

k“2

Xmelt
H2OptkqFkVmantleρmantle

XH2O

XH2 ` XH2O

MH2
atm “ Xextr

n
ÿ

k“2

Xmelt
H2OptkqFkVmantleρmantle

XH2

XH2 ` XH2O

MH2

MH2O

MCO2
atm “ Xextr

n
ÿ

k“2

Xmelt
CO2
ptkqFkVmantleρmantle

XCO2

XCO ` XCO2

MCO
atm “ Xextr

n
ÿ

k“2

Xmelt
CO2
ptkqFkVmantleρmantle

XCO

XCO ` XCO2

MCO

MCO2

,
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where Fk is the average melt fraction at time tk. XH2, XH2O, XCO and XCO2 are mole fractions determined

as described in Section 3.1.5. Vmantle is the volume of the mantle and ρmantle is the average mantle density.

Xextr denotes the fraction of melt that we assume to reach the surface via extrusive volcanism, which we set

here to 10%, which is in the range of observed values for Earth’s continental crust (Crisp, 1984).

To estimate atmospheric extent one has to relate the molecular weight of outgassed species Mi
atm to their

partial pressures pi
s. The total pressure ps at a given point in the atmosphere is proportional to the total

overhead weight of the atmospheric column which can be estimated via the hydrostatic relation assuming

vertical motions are negligible via:

ps “
g
A

Matm , (216)

where g is the surface gravity and A the total surface area of the planet. The total pressure and mass are

given given by:

ps “
ÿ

i

pi
s and Matm “

ÿ

i

Mi
atm . (217)

Using the volume mixing ratio xi, the partial pressure of a species i is determined by pi
s “ xi ps, while the

corresponding atmospheric mass is determined via the mass mixing ratio wi according to: Mi
atm “ wiMatm.

The relationship between these two mixing ratios - assuming an ideal gas - is given by:

wi “
ρi

ρ
“

mi

m̄
ni

n
“

mi

m̄
pi

s

ps
“

mi

m̄
xi , (218)

where ρ is the mass density, n the number density, mi the molecular weight of species i, and m̄ the mean

molecular weight, given by:

m̄ “
ÿ

i

ximi . (219)

Using this relation, equation (216) for a single species i, that is well-mixed throughout the atmosphere, is

given by:

pi
s “

g
A

m̄
mi

Mi
atm . (220)

Consequently, the partial pressure of a given atmospheric species depends on both the number densities

as well as the molecular masses of all species present. For a given column mass density, going from a

composition of rather heavy molecules (e.g. CO2 or H2O) to lighter species (e.g. H2) will reduce the total

surface pressure and, hence, could strongly impact habitability. The effect is even stronger at larger surface

gravities.

In our work, the atmospheric thickness (∆Rp) is defined from the planetary surface to the pressure pmin.

To calculate the atmospheric thickness, given the accumulated amounts of outgassed species (e.g. H2O,
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CO2, H2), we use a simple scale height model following Dorn and Heng (2018):

∆Rp “ H ln
ˆ

ptot

pmin

˙

, (221)

where ptot is the total gas pressure. pmin is the pressure at which the atmosphere becomes opaque that is

where the chord optical depth becomes 0.6. pmin is defined as:

pmin «
g
κ

d

H
2πRp

. (222)

If we assume a mean opacity of κ “ 0.1 cm2 g´1 (Freedman et al., 2014) , then we obtain pmin « 1 mbar.

Our main focus is the relevance for habitable planets. To this end, the pressure scale height H is calculated

assuming a mean atmospheric temperature Tatm of 288 K, which is the Earth´s average surface temperature:

H “
R ¨ Tatm

m̄ ¨ g
(223)

where g is surface gravity, R is the universal gas constant (8.3144598 J mol´1 K´1), and m̄ is again the

mean molecular weight of the gas mixture.
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extrusive magma.

3.1.6 Supplementary materials

Figure 23: Magma chamber depth zones. 1) extrusive shallow volcanism, 2) intrusive crustal magmatism,
3) magmatic underplating, 4) chambers below the lithosphere. Rp: Planet radius, Rcr: Crust radius and
Rl: Lithosphere radius. Through the illustrated cracks (black), outgassing from lower magma levels is
becoming possible. In the analysed cases, we consider the outgassing contribution from the magma at the
surface.

Passive outgassing and solubility effect. Depending upon the depth (hence pressure) at which the melt

is produced, degassing could begin soon after magma formation. The total amount of outgassing is the

combination of gases released both from deep magmatic emplacements (passive degassing) and from the

melt extruded to the surface. Figure 23 shows magma chambers at different depths within or directly below

the lithosphere and cracks and fissures where the gas ascends to the surface. The lithostatic pressure and

the mantle redox state affect the volatile content in the melt and the final outgassing. Figure 24 illustrates

how pressure influences gas species’ amounts; the effect is stronger under reducing conditions (QIF and IW

mineral buffers). On increasing the pressure, the H2O and CO2 content increase with similar trends while

the volume of CO and H2 decrease. For oxidising states (NiNiO and QFM mineral buffers) the pressure

effect on the speciation is negligible. In our example we assume as initial volatile content in the melt 50 mol

% of both H2O and CO2. Global mean values based on modern Earth (Crisp, 1984) suggest that 10% of the

generated melt reaches the surface and directly contributes to the outgassing. Passive degassing on the Earth

is larger than the extrusive component (Crisp, 1984; Shinohara, 2008). Intrusive magma bodies emplaced

at the bottom or within the lithosphere, continuously crystallise due to cooling. Since volatiles such as H2O

or CO2 are incompatible in the crystal lattice of mafic minerals, they tend to concentrate in the melt. At

a certain point, the concentration exceeds the solubility and a gas-phase forms (Burnham, 1967; Holloway
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Figure 24: Depth profiles of the gas speciation variation depending on redox state, pressure and temperature
for intrusive melt. We assume here a fixed volatile ratio of 50 mol% H2O and 50 mol% CO2 in the melt.
Temperature and pressure values for cases 1) to 4) in Fig. 23 are shown in the NiNiO panel.

and Blank, 1994; Wallace et al., 1995; Zhang et al., 2007; Parfitt and Wilson, 2008; Shinohara, 2008).

The gas is buoyant and ascends either through already-existing cracks and fissures or leads to overpressure

which may itself result in cracks. Such intrusive degassing should strongly influence the amount as well as

the composition of the outgassed volatiles, especially since the solubility of CO2 is much lower compared to

H2O (e.g., Holloway, 1976; Holloway and Blank, 1994; Parfitt and Wilson, 2008; Shinohara, 2008; Petrelli

et al., 2018), see figure 25.
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Figure 25: Solubility profiles for H2O and CO2 degassing depending on pressure for different volatile
contents in the melt calculated after Iacono-Marziano et al. (2012).

Therefore, CO2 degasses rather quickly, especially at low pressures, while H2O is assumed to remain in
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the melt. Only at the very end of the crystallisation sequence, H2O can be degassed at these low pressures,

if the saturation limit is exceeded (Bower et al., 2019). This tendency toward earlier CO2 degassing should

strongly affect both the amount as well as the composition of the outgassed volatiles. Since we performed

the outgassing simulations at surface pressure, the contribution of passive degassing was negligible as the

effect of crystallisation and the related oversaturation of the melt is not considered in our work. Even

though, at higher pressures there should be a strong influence of passive degassing, especially since the

pressure has a direct influence on degassed volatile species under reducing conditions (considered for early

Earth), which is shown in figure 24. Depending on the redox buffer (QIF or IW), at very low pressures

mainly CO and H2 are degassed, while at higher pressures CO and H2O degassing dominates. For oxidised

conditions, the effect of pressure is negligible and for both buffers (NiNiO and QFM) only H2O and CO are

degassed. However, the effect of crystallization in magmatic intrusions is not considered here and should

be a point for future studies.

Volatile chemical speciation. In figures 26 and 27 we show how the melt oxidation state plays a crucial

role for the gas chemical speciation and therefore for atmospheric evolution.
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Figure 26: H2-to-H2O mole ratio for different temperatures and mineral redox buffers where QFM is the
oxidising case and IW the reducing scenario. H2-to-H2O mole ratio for the IW buffer is described at 1 bar
with the solid line and at 1 GPa (1 Gpa = 10000 bar) by the dashed and dotted line. H2-to-H2O mole ratio
for the QFM buffer is represented at 1 bar with the dashed line and at 1 GPa by the dotted line.
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Figure 27: CO-to-CO2 mole ratio for different temperatures and mineral redox buffers where QFM is the
oxidising case and IW the reducing scenario. CO-to-CO2 mole ratio for the IW buffer is described at 1 bar
with the solid line and at 1 GPa (1 Gpa = 10000 bar) with the dashed and dotted line. CO-to-CO2 mole ratio
for the QFM buffer is represented at 1 bar by the dashed line and at 1 GPa by the dotted line.
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3 APPLICATION OF THE CHEMICAL SPECIATION MODEL

3.2 The early Earth’s volcanic outgassing rates from mantle convection, melting,

and volatile speciation

Guimond C.M., Noack L., Ortenzi G. and Sohl F. The early Earth’s volcanic outgassing rates from mantle

convection, melting, and volatile speciation. Submitted to: ”Physics of the Earth and Planetary Interiors”

(in revision).

3.2.1 Abstract

Before the origin of life, Earth’s atmosphere was built up by outgassing of the mantle. Here we model how

C-O-H outgassing evolved through the late Hadean and early Archean, if global plate tectonics had not yet

initiated and all outgassing were subaerial. The model couples numerical mantle convection, partitioning in

the melt, and volatile chemical speciation. The mantle oxidation state controls both the volatile speciation

and the carbon partitioning in the melt. Below the iron-wüstite mineral redox buffer, virtually no CO2 would

be outgassed: in such reducing conditions, (i) carbonate can only partition into the melt in very limited

amounts, and (ii) almost all carbon takes the form of CO instead of CO2. We report outgassing fluxes of

CO2, CO, H2O, and H2, as a function of mantle oxygen fugacity, for a wide range of initial conditions. Even

for oxidized scenarios near the quartz-fayalite-magnetite buffer, we find CO2 outgassing rates about an order

of magnitude lower than the present-day value—contrasting with common assumptions in Archean climate

studies. This result is in part due to the strong dependence of CO2 outgassing on the mantle oxidation

state (which may not have reached late Archean values in the Hadean). Lower outgassing is also related

to a stagnant lid, illustrating the importance of the presumed tectonic mode on volcanic outgassing rates,

especially if outgassing must supply greenhouse gases to warm early Earth under the Faint Young Sun.

3.2.2 Introduction

Somewhere in the early Archean existed the most likely life-spawning environment in the universe. Whilst

leaving hardly any observable record, the young atmosphere of the time was fed by volatiles from the deep

interior (Holland, 1984; Kasting et al., 1993; Gaillard and Scaillet, 2014)—with possible contributions

from both extraterrestrial impacts (Zahnle et al., 2020) and a lingering, degassed magma ocean atmosphere

(Katyal et al., 2020). This work focuses on the volcanic outgassing flux of volatiles. Using a coupled 2D

numerical model, we investigate the possible mass range of CO2, CO, H2O, and H2 outgassed during the

first 700 Myr of solid-state convection, corresponding to approximately 4.5–3.8 Ga. These mass fluxes

would be inputs to the processes governing the contemporaneous atmosphere’s consummate composition.

The chemical speciation of volcanic gas is controlled by the oxidation state of the upper mantle. In-

creasing the mantle’s oxygen fugacity, fO2 , raises the ratio of oxidized to reduced volatile species in the
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3 APPLICATION OF THE CHEMICAL SPECIATION MODEL

melt phase. This refers to CO2/CO and H2O/H2 in the C-O-H system (Holland, 1984). As the melt rises

adiabatically through conduits, its fO2 re-equilibriates with the decreasing pressure; thus gas abundances

at the surface are also linked to the mantle source (Kasting et al., 1993). On modern Earth, for example,

the dominant species in volcanic gas are H2O and CO2, in line with a mantle fO2 in equilibrium with the

quartz-fayalite-magnetite (QFM) mineral buffer (Holland, 1984).

In addition to the effect of fO2 on volatile speciation, the outgassed carbon flux to the atmosphere also

depends on how much mantle carbon (as CO 2–
3 ) enters the melt phase, which is likewise controlled by

fO2 . In sufficiently reduced conditions where graphite is the stable carbon phase, this graphite reacts with

molecular oxygen to produce CO2 vapour, which again reacts with oxygen to produce CO 2–
3 (Holloway

et al., 1992). Hence a more-rigorous forward model of planetary-scale volcanic outgassing would numer-

ically couple melt partitioning with volatile speciation. To our knowledge, such a model has not yet been

presented.

Whilst these two redox controls are well-known, the value of the Archean mantle fO2 itself remains

poorly constrained. Immediately after core formation, the magma ocean must have been reduced (Wood

et al., 2006); meanwhile, scant geological evidence suggests that by „3.8 Ga before present at the latest,

the uppermost mantle was already about as oxidized as today (Canil, 1997; Delano, 2001; Trail et al., 2011;

Nicklas et al., 2019; Armstrong et al., 2019). A lack of certainty persists on the timing of this oxidation

(see section 3.2.3). Therefore, to cover the possible spread of redox states, we investigate outgassing fluxes

under a wide range of mantle fO2 , especially in proportion to other unknown parameters such as the mantle

volatile content and thermal state.

By numerically coupling redox-dependent melt partitioning with speciation, and by investigating a

broader range of mantle oxidation states, we can advance the current literature dedicated to C-O-H out-

gassing from solid-state mantles of rocky planets in the solar system and elsewhere (O’Neill et al., 2007;

Grott et al., 2011; Noack et al., 2014, 2017; Tosi et al., 2017; Dorn et al., 2018; Ortenzi et al., 2020).

Previous models have tended to assume an oxidizing mantle, akin to that of present-day Earth—with the

exceptions of Grott et al. (2011) on early Mars, Tosi et al. (2017) on Earth-size exoplanets, and more re-

cently Ortenzi et al. (2020) on exoplanets of various size. We apply our coupled model to Archean Earth, a

case which has not yet been the dedicated subject of a numerical outgassing study.

A parallel approach used to estimate planetary outgassing fluxes is to parameterize them in terms of melt

production (or seafloor spreading at ridges) (e.g., Sleep and Zahnle, 2001; Papuc and Davies, 2008; Kite

et al., 2009; Kadoya and Tajika, 2015; Foley and Driscoll, 2016; Charnay et al., 2017; Krissansen-Totton

et al., 2018; Foley and Smye, 2018; Krissansen-Totton and Catling, 2020). In this approach, either melt

production rates are estimated from parameterized 1D convection models, or a value for the heat flow is

assumed, which is used to scale melting. Outgassing may then be calibrated to present-day estimates. Be-
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cause parameterized convection models produce high heat flow early in a planet’s evolution (e.g., Turcotte,

1980), the approach outlined here correspondingly begets high outgassing rates. This can be misleading for

two reasons. First, parameterized models tend to overestimate melt fractions early on: they do not spatially

resolve depletion upon melting, which should inhibit further melting locally with the same mantle temper-

atures. Secondly, heat flow considerations alone may underestimate the importance of other factors which

control the melt concentrations and speciation of volatiles. Thirdly, possible transitions between tectonic

regimes would alter the relationship between temperatures, heat flow, and melting.

We assume a stagnant lid tectonic mode as an end-member scenario (Debaille et al., 2013), which might

be complemented by other studies of mobile lids. There is no consensus on whether plate tectonics operated

globally on Earth during the Hadean and Eoarchean, the nominal subject of our investigation (see discussion

in Korenaga, 2006). The decision to only consider a stagnant lid mode is an important caveat because, as

it appears, mobile lids can generate much higher outgassing rates than stagnant lids (Noack et al., 2014,

2017). As we will discuss in section 3.2.5, the reasons why are not straightforward—being a combination

of competing effects—and would benefit from dedicated work in the future.

Mantle outgassing represents a missing piece of the Archean atmosphere puzzle. Firstly, reduced gases

such as H2 and CO seem necessary for prebiotic chemistry; the production of HCN requires a reducing

atmosphere with C/O ě 1, for example (Rimmer and Rugheimer, 2019). However, whether or not H2

and CO comprised a significant part of volcanic gas at the time remains debated (e.g., Zahnle et al., 2020).

Secondly, sufficiently large partial pressures of greenhouse gases—such as oxidized species H2O and CO2—

are proposed to have kept the incubating planet from freezing under lower solar luminosity (Charnay et al.,

2020), in order to make sense of liquid surface water (Sagan and Mullen, 1972). Investigations into this

paradox tend to assume that Archean CO2 outgassing fluxes were the same as or greater than the present

day flux given plate tectonics (e.g., Sleep and Zahnle, 2001; Wordsworth and Pierrehumbert, 2013; Kanzaki

and Murakami, 2018). These two questions may never be fully resolved without definite knowledge of the

mantle oxidation state (or the tectonic mode). Nevertheless, this study, by more rigorously linking stagnant

lid outgassing fluxes to the unknown oxidation state, might help contextualize these problems within Earth

system evolution.

3.2.3 Methods

We trace the movement of volatiles through the mantle to the atmosphere for a stagnant-lid Earth, from just

after the moon-forming impact to around the first rock record. Our model is similar to the one described

in Ortenzi et al. (2020); they additionally calculated gas solubility in the melt (relevant for the higher

outgassing pressures expected on exoplanets greater than an Earth mass), but did not couple partitioning

and volatile speciation within the convection simulations.
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To simulate mantle dynamics, we use a 2D convection model, which is detailed in Noack et al. (2016).

The heavily-benchmarked model couples solid-state convection in the mantle with petrological melt pro-

duction and volatile partitioning (Holloway et al., 1992; Katz et al., 2003; Grott et al., 2011). This is

further coupled with a chemical speciation model (French, 1966; Holloway, 1981; Fegley, 2013; Gaillard

and Scaillet, 2014; Schaefer and Fegley, 2017). At each time step we estimate the outgassed flux of H2O,

H2, CO2, and CO. We simulate 700 Myr of convection, taking the model start time to correspond to 4.5 Ga

before present—around the time when the magma ocean might have started crystallizing.

Numerical convection model. The convection code solves the conservation equations of mass, momen-

tum and energy in the rocky mantle by using a particle-in-cell method. We use the 2D spherical annulus

method in Hernlund and Tackley (2008) to divide the mantle into a grid of cells with uniform height of

25 km. To reduce computational costs, we only model one quarter of the 2D annulus, leading to 307 by

111 cells in the lateral and radial directions. We model compressible convection based on the truncated

anelastic liquid approximation (TALA), using pre-calculated depth-dependent profiles for thermodynamic

parameters such as the mineral-dependent density, the thermal expansion coefficient and the heat capacity

for an adiabatic temperature profile. We neglect any possible initiation of plate tectonics or other surface

recycling mechanisms and instead allow for a stagnant lid to form. We take into account time-dependent

radiogenic heating and heat loss from the core.

We assume a hydrated pyrolitic mantle with an Arrhenius viscosity, η, that depends on temperature T

and pressure p, following Karato and Wu (1993):

ηpT, pq “
1

2A
hm exp

ˆ

E ` pV
RT

˙

, (224)

with prefactor A “ 3.7 ˆ 10´19 Pa s´1, grain size h “ 1 mm, grain size exponent m “ 2.5, activation

energy E “ 240 kJ mol´1, activation volume V “ 5.0 cm3 mol´1 for the upper mantle. In the lower

mantle, the rheological parameters are as listed in Noack et al. (2017), with a pressure-dependent activation

enthalpy as derived in Tackley et al. (2013). In the Tackley et al. study, however, the viscosity was shifted

by a factor of 100 to allow for numerically-feasible simulations of rocky planets larger than Earth. Here,

we do not artificially scale η, but instead limit it to a minimum of 1021 Pa s to allow for numerical stability

in the mantle for all investigated parameter combinations. That is, we do not implement an aesthenosphere,

and may underestimate the convective strength locally in the upper mantle. Our initial Rayleigh number is

therefore around „5 ˆ107, depending on the initial temperature profile.

The radiogenic heat sources decline over time and would reach present-day Earth values of 79.5 ppb Th,

240 ppm K and 20.3 ppb U after 4.5 Gyr of thermal evolution, following Breuer (2009). We did not include
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the partitioning of heat sources in the crust, and instead applied homogeneous radiogenic heat sources over

the entire domain.

Melting model. The petrology model simulates partial melting of the silicate mantle. Melt forms if the

local temperature is greater than the mantle solidus temperature, Tsolidus, at that temperature and pressure.

The local melt fraction, F, is

F “
T ´ Tsolidus

Tliquidus ´ Tsolidus
. (225)

We apply the melting temperatures of peridotite (Hirschmann, 2000; Noack et al., 2017). The liquidus

temperature, Tliquidus, is constant for a given pressure. The solidus temperature varies with time; it increases

with depletion due to previous melting (Hirschmann, 2000; Noack et al., 2017). We take into account the

depression of the solidus due to H2O in the melt (Katz et al., 2003).

The local melt fractions add up to give the total depletion of the mantle. Here, depletion is adapted to

the fact that the solidus temperature increases upon dehydration. Depletion is recalculated at each time step

depending on the updated solidus temperature. Upon 30% depletion of the primordial peridotite mantle,

the residual mantle therefore always resembles the harzburgite composition, independently of if it having

initially started wet or dry. We limit the maximum allowed depletion to 30%.

Compositional buoyancy occurs after the melt forms and is enriched in volatiles, which subsequently

decreases the local density. This causes melt to rise to the surface. The upper mantle melt is buoyant only

at mantle pressures of less than 12 GPa, hence we neglect any possible outgassing contribution from melt

at greater depths. The melting temperature that we use is valid for this pressure range.

Volatile partitioning model. Knowing the local melt fractions, next we are interested in the concen-

trations of CO2 and H2O in the melt. Carbon partitions into the melt as CO 2–
3 ; its mole fraction, Xmelt

CO 2–
3

,

depends strongly on fO2 :

Xmelt
CO 2–

3
“

KI KII fO2

1` KI KII fO2

, (226)

where KI and KII are the equilibrium constants governing, respectively, the formation of CO2 from graphite

and CO 2–
3 from CO2,

log10 KI “ a´ b T ` c T 2 ` d
p´ 1

T
(227)

log10 KII “ e´
f
T
´ g

p´ 1000
T

, (228)

where a “ 40.07639, b “ 2.53932ˆ 10´2, c “ 5.27096ˆ 10´6, d “ 0.0267, e “ ´6.24763, f “ 282.56,

g “ 0.119242, T is in Kelvin, p is in bar, and fO2 is the oxygen fugacity (Holloway et al., 1992; Grott et al.,
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2011). At each time step, if the local melt fraction is greater than zero, we subtract the amount of carbon

that enters the melt from the local mantle carbon inventory. Carbon stops partitioning into the local melt

once its mantle source inventory is emptied. The local amount of carbon (as well as other local information

such the depletion) is traced via mass-independent particles that flow along convective stream lines, where

we ensure that we always have between 3 and 8 particles in each cell.

The amount of CO2 in weight percent, here denoted χ to distinguish from mole percent, is calculated

from Xmelt
CO 2–

3
, assuming thermodynamic equilibrium:

χmelt
CO2

“

„

MCO2

FWM
Xmelt

CO 2–
3

 N „

1´
ˆ

1´
MCO2

FWM

˙

χmelt
CO 2–

3



, (229)

where χmelt
CO 2–

3
is the weight percent of carbonate in the melt, MCO2 is the molar mass of carbon dioxide, and

FWM is the formula weight of the melt normalized to one oxygen, taken to be 36.594 for one example

tholeiitic basaltic (Holloway et al., 1992; Grott et al., 2011). The formula weight typically varies only by

few percent for different basalt compositions.

We assume that all solid carbon exists as graphite, since we only consider shallow melting below

12 GPa. This assumption may not be valid for the most oxidized cases (IW+4), as carbonate may be-

come the stable carbon species for these pressures and fO2 (Stagno, 2019). However, in such oxidized

conditions we already know that CO2 is outgassed, and thus neglect the influence of carbonate.

Meanwhile, we use the batch melting formula to calculate water partitioning into the melt:

χmelt
H2O

“
χrock

H2O

DH2O ` Fp1´ DH2Oq
, (230)

where χrock
H2O

is the local weight fraction of water in the solid mantle, F is the local average melt fraction, and

DH2O is a partition coefficient, which we set at 0.01 based on the Ce partitioning coefficient (Michael, 1995;

Katz et al., 2003).

We assume that the melt rises adiabatically towards the surface, but only allow a fraction of the melt,

fextr, to reach the surface as extrusive volcanism. Only extrusive melt contributes to outgassing into the

atmosphere. The mantle volatile concentrations are rather small and below the saturation point (Katz et al.,

2003). Once the melt has reached the surface, we only consider subaerial degassing, and not submarine;

virtually all gases enter the atmosphere at these relatively lower pressures. For simplicity, our model as-

sumes complete outgassing of the melt that reaches the surface, with no residual volatiles remaining in the

melt. Further, we do not consider any possible re-equilibration or contamination as material rises through

the lithosphere. Once melting occurs, it is extruded directly at the surface, neglecting interactions with the

surrounding rock or with fluids at higher pressures.

82



3 APPLICATION OF THE CHEMICAL SPECIATION MODEL

Table 7: Thermodynamic parameters for basaltic melt.

Symbol Description Value Units Reference

αmelt Thermal expansion coefficient 3ˆ 10´5 K´1 Afonso et al. (2005)
ρmelt Density 3000 kg m´3 Lesher and Spera (2015)
Cp,melt Heat capacity 1793 J kg´1 K´1 Lesher and Spera (2015)

Volatile speciation model. We retrieve the masses of outgassed volatiles using the “Equilibrium constants

and mass balance method” first appearing in French (1966), and used widely in other studies (Holland, 1984;

Gaillard and Scaillet, 2014; Fegley, 2013; Schaefer and Fegley, 2017; Ortenzi et al., 2020). The H2/H2O

and CO/CO2 volatile molar ratios are governed by the chemical equilibria,

2 H2 + O2 2 H2O, (231)

CO + (1/2) O2 CO2, (232)

assuming that the volcanic gases are in equilibrium with their magmas. This is the second fO2 -dependence

in the model. These chemical reactions have respective equilibrium constants KIII and KIV, which are

calculated as follows:

KIII “ exp

˜

´∆rG0
p231q

RT

¸

“
X2

H2O

X2
H2

fO2

, (233)

KIV “ exp

˜

´∆rG0
p232q

RT

¸

“
XCO2

XCO

1

f 1{2
O2

, (234)

where R is the universal gas constant (8.314 J K´1 mol´1), and Xi is the mole fraction of species i. ∆rG0
p231q

and ∆rG0
p232q are the Gibbs free energies of reaction in J mol´1 for (231) and (232) respectively; we calculate

these energies as a function of temperature using the method outlined in Ortenzi et al. (2020), based on

Fegley (2013). Equations (233) and (234) assume 1 bar pressure (equal to Psurf), whilst T is taken to be the

temperature the melt would have once it has risen adiabatically to the surface:

T pp “ psurfq “ Tmeltppmeltq ¨ exp
„

´
αmelt

ρmelt Cp,melt
ppmelt ´ pq



, (235)

where Cp,melt is the heat capacity of the melt, αmelt is the thermal expansion coefficient, ρmelt is the density,

and Tmelt and pmelt are the local temperature (in Kelvin) and pressure (in bar) of the melt source. Values for

the thermodynamic parameters are listed in Table 7.

From the model outlined above, we can calculate the outgassed masses Mi of each volatile species i at
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Table 8: Free input parameters tested in this model. Values are drawn randomly from a uniform distribution
given by the minimum and maximum values in the “Range” column.

Symbol Description Range Units
log fO2 ´ IW Mantle redox shift from IW -3, 4 -
χH2O,ini Initial mantle H2O content 50, 450 wt. ppm
χCO2,ini Initial mantle CO2 content 22, 180 wt. ppm
Tsurf Temperature at surface 273, 333 K
Tini Initial temperature at top of convecting layer 1750, 2100 K
Dlid Initial lid thickness 10, 43 km
∆Tc Initial core temperature jump 0, 1750 K
fextr Extrusive volcanism percentage 10, 40 %

a specific time, accumulated over all previous time steps and over all cells in the mantle:

Matm
H2O “ fextr

times
ÿ

j“2

cells
ÿ

k“1

χmelt
H2OF j,kVk

XH2O

XH2 ` XH2O
ρmtl

Matm
H2
“ fextr

times
ÿ

j“2

cells
ÿ

k“1

χmelt
H2OF j,kVk

XH2

XH2 ` XH2O

mH2

mH2O
ρmtl

Matm
CO2
“ fextr

times
ÿ

j“2

cells
ÿ

k“1

χmelt
CO2

F j,kVk
XCO2

XCO ` XCO2

ρmtl

Matm
CO “ fextr

times
ÿ

j“2

cells
ÿ

k“1

χmelt
CO2

F j,kVk
XCO

XCO ` XCO2

mCO

mCO2

ρmtl,

(236)

where fextr is the percentage of volcanism that is extrusive, F j,k, is the local melt fraction in a cell, Vk is

the volume of that cell, mi is molar mass of species i in kg mol´1, and ρmtl is the local density of the solid

mantle. Note fextr has units of weight fraction and X has units of mole fraction. These calculations and the

associated volumes correspond to a 2D sphere, later scaled up to 3D by a dimensionalization factor.

The ultimate partial pressure outgassed to the atmosphere, for each species i, is given by

pi “
MtotXi,totg

4πR2
E

, (237)

where Mtot is the sum of the outgassed masses from equation (236), Xtot is the species’ mole fraction with

respect to Mtot, g is the acceleration due to gravity at the surface (9.8 ms´2), and RE is the radius of Earth

(6371 km). We assume that the gas reaches the surface instantaneously.

Initial conditions and free parameters. The main study consists of 500 cases with randomly selected

values for eight free input parameters (Table 8). These eight parameters were identified based on their

expected effects on the thermal and chemical evolution of the mantle, and to avoid redundancy between

effects given the computational demand. Input values for each case are drawn from uniform distributions,

with this section outlining the choice of bounds.
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Choice of initial temperatures. The initial mantle temperature profile is set by four unknown param-

eters: planet surface temperature, Tsurf , initial stagnant lid thickness, Dlid, initial temperature at the base of

the lithosphere, Tini, and core temperature jump, ∆Tc. Temperatures increase linearly from Tsurf to Tini, and

then follow an initially adiabatic profile from below the upper thermal boundary layer to the core-mantle

boundary. The temperature contrast between the base of the mantle and the core is fixed at ∆Tc, which

varies across runs. We enforce an initial temperature cut-off at the solidus.

Although evidence of surface temperatures covering our age of interest is scant, oxygen isotope ratios

from the 4.4 Ga Jack Hills zircons imply a temperate surface which could host liquid oceans (Valley et al.,

2002). Thus we allow Tsurf to vary from 0 to 60˝C, but note that oceans could be stable even with much

higher surface temperatures (Kasting, 1988). Our constant Tsurf is an approximation; in reality this value

varies spatially and is linked to outgassing via greenhouse warming.

The temperatures in Earth’s mantle after the last magma ocean stage are unknown; we adopt a range

of 1750–2100 K in Tini. Archean komatiite records suggest an upper mantle potential temperature of at

most „1970 K (Herzberg et al., 2010), corresponding to upper mantle temperatures comparable with those

investigated here (our Tini values refer to the actual temperatures below an initial upper thermal boundary

layer, hence the potential temperatures would be slightly smaller).

The initial adiabatic profile implies an already-convecting mantle. However, in our 2D mantle convec-

tion simulations, the mantle is initially gravitationally stable. We slightly perturb the temperature field to

trigger the initiation of convection. In reality, it is not unlikely that part of the solid mantle was already

convecting when the magma ocean was still cooling (Maurice et al., 2017), which would lead to a slightly

earlier initiation of volcanic outgassing than predicted here. Conversely, a mantle overturn may have oc-

curred within Earth’s interior, after the solidification of the final, iron-enriched magma ocean close to the

surface, which would bring colder material to the lower mantle (Brown et al., 2014). Our initial temperature

profile is in between these two end-member scenarios. Regardless, this profile quickly starts evolving over

time, and its initial shape is not significant to the results. The stagnant lid thickness also adjusts according to

the temperature profile, yet very thick lithospheres („100 km) would inhibit melt production to the extent

that no outgassing would occur within 700 Myr.

Choice of initial volatile contents. Most of the solid Earth’s accreted volatile content was lost to

magma ocean degassing. For the initial H2O and CO2 contents in the crystallized mantle, χH2O,ini and

χCO2,ini in weight percent, we adopt the amounts of volatiles remaining after degassing from Elkins-Tanton

(2008). The most water-rich scenario corresponds to just below 1 Earth ocean mass. These estimates are

consistent with more recent modelling work by Barth et al. (2020). Hier-Majumder and Hirschmann (2017)

found comparable but slightly elevated values considering faster freezing of the magma ocean. Elkins-
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Tanton (2008) considers primordially-accreted volatile contents of 0.05–0.5 weight percent H2O and 0.01–

0.1 weight percent CO2, although the true values are poorly constrained.

Choice of mantle oxidation states. Geochemical clues mostly agree that since around 3.8 Ga or ear-

lier, the Archean upper mantle was about as oxidized as present (Canil, 1997; Delano, 2001; Trail et al.,

2011; Nicklas et al., 2018; Armstrong et al., 2019), although other analyses suggest a more gradual oxi-

dation up to the quartz-fayalite-magnetite buffer (QFM) (Aulbach and Stagno, 2016; Nicklas et al., 2019).

Trail et al. (2011) investigated Hadean zircons with ages between 4.0 and 4.36 Ga and derived an oxidation

state around QFM. If these zircons did indeed come from primitive mantle melts as suggested by Trail et al.

(2011), this would suggest an oxidized mantle almost directly after the Moon-forming impact.

We allow mantle fO2 to vary between the minimum Hadean value of three log-units below the equi-

librium with the IW buffer (Wood et al., 2006), and a typical modern value of four log-units above the

equilibrium. Because we are agnostic to mantle oxidation’s specific timing, we test these endpoint values

assuming a constant oxidation state. Later we test the effect of forcing logp fO2q to increase linearly.

Choice of extrusive volcanism percentages. Only a fraction of magma will rise high enough to

extrude and outgas at the surface. The remaining melt in the intrusive component will eventually replenish

the mantle. Crisp (1984) estimate an extrusive volcanism percentage of 10% in the modern day. Because

this value is unknown for early Earth, we allow it to vary between 10% and 40% (Grott et al., 2011). We

do not consider any diffuse degassing from intrusive volcanism, although fluid pressure would indeed bring

some intrusive magmatic gas to the surface via rock fissures.

3.2.4 Results

Thermal history and melt production. The thermal histories underlying the outgassing model are firstly

presented in figure 28. Mean mantle temperatures gradually increase due to powerful primordial radiogenic

heating and relatively sluggish stagnant lid convection. Melting increases with hotter initial temperatures,

but shows higher scatter due to the influence of dehydration on the solidus temperatures.

Hot scenarios show initial spikes in melting, of magnitude depending on Tini, followed by a decrease

and subsequent settling to a steady value. Directly after magma ocean solidification, the mantle temperature

is still very close to the solidus. Small mass movement by convection can lead to immediate re-melting.

It then becomes more difficult for the depleted mantle to melt further. Melting increases again once either

radiogenic heating warms the upper mantle, or undepleted material from the lower mantle is brought up

to shallower depths. The assumption of the initial thermal state thus affects the early melt production, but

becomes less important later.
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Figure 28: The evolution of the extrusive volumetric melt production rate with density ρ “ 3000 kg m´3.
Cases are binned to 10-K increments in initial temperature at the base of the stagnant lid, and averaged
over other the input parameters (table 8). Lighter colours indicate hotter initial conditions; darker colours
indicate cooler initial conditions. Overlain in solid grey lines and corresponding to the secondary y-axis is
the evolution of the mean temperature over the whole mantle, for the same bins.

Near steady state, all melting is capped below „35 km3 yr´1. This value is not much higher than the

Earth’s total magma supply rate at present (20–25 km3 yr´1; Janle et al., 1992), despite the cooler modern

mantle. Higher initial temperatures would lead to unphysical conditions with most of the mantle above

the solidus temperature. A much wetter mantle might aid melting somewhat, although our model does not

show a strong effect of χH2O,ini on the overall melt production.

Melt H2O and CO2 contents. Due to the different chemistry controlling partitioning for C and H2O

(section 3.2.3), χmelt
H2O and χmelt

CO2
respond separately to model parameters. These behaviours are reflected in

figure 29.

H2O partitioning into the melt depends directly on the local mantle H2O abundance, the maximum of

which is set by χH2O,ini. The effect of mantle content on melt content is non-linear: in equation (230),

χmelt
H2O

depends on the local melt fraction, whilst the presence of water facilitates melting by suppressing the

solidus.

C partitioning does not depend directly on the local mantle abundance, but is strongly redox-dependent.

This is true for the regime we model, where graphite is the stable phase, but would not apply to more

oxidizing conditions (Stagno, 2019). The local mantle C only affects the melt concentration at very low

values of χCO2,ini below 50 ppm, or for cases approaching maximum outgassing. Further, the effect of fO2 on

χmelt
CO2

is severe. With every step of one log-unit below the IW buffer, we see χmelt
CO2

quickly drop by an order
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Figure 29: The evolution of melt volatile contents for H2O (left; in weight percent) and CO2 (right; in weight
ppm). Cases are binned according to their values of the main input parameter controlling melt partitioning:
for H2O this is the initial mantle H2O content (equation (230)), and for CO2 this is the mantle fO2 (equation
226)). Lines are coloured by bin and show the median melt concentration per time step, given random
values for the other input parameters.

of magnitude.

For both CO2 and H2O, we see an early transient stage where the melt abundance drops steeply. This

is associated with the early pulse of melting and hence depletion (figure 28). Notably, the sudden decline

in χmelt
CO2

is very pronounced in the most oxidized cases: the highest amount of carbonate can enter the melt

phase and temporarily empties local reservoirs in the upper mantle, illustrating a situation where the mantle

inventory affects χmelt
CO2

.

Exploration of outgassing scenarios. We confirm a heavy dependence of the outgassing rate on fO2.

Figure 30 plots the evolution of each species’ mean outgassing flux in mol yr´1, where cases are binned

by fO2 and all other input parameters vary according to a random uniform distribution (Table 8). As ex-

pected (Holland, 1984; Kasting et al., 1993), a more oxidized mantle is associated with more CO2 and H2O

outgassing, and a more reduced mantle is associated with more H2 outgassing. The story for CO is more

complicated, showing a maximum around IW: low fO2 limits the amount of total carbonate that can dissolve

into the melt, despite the gas-phase equilibrium favouring CO over CO2. For all cases, the outgassing rate

is fairly constant with time during the 700 Myr modelled.

The early pulse of outgassing is associated with the early pulse of melting (figure 28). This behaviour

may be less pronounced if the mantle were already convecting during magma ocean crystallization (Maurice

et al., 2017). However, the initial temperature profile has no effect on the longer-term outgassing fluxes.

Although figure 30 might seem to suggest that CO2 outgassing never surpasses 1 Tmol yr´1 in our
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Figure 30: The evolution of outgassing fluxes for CO2 (top left), CO (top right), H2O (bottom left), and H2
(bottom right), binned to 0.5-log fO2 increments and averaged over the other input parameters. Each log fO2

bin is coloured from red (reduced) to dark blue (oxidized).
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3 APPLICATION OF THE CHEMICAL SPECIATION MODEL

Table 9: Outgassed partial pressures in bar, masses in kg, and mean mole fluxes in mol yr´1, split over
mantle redox and initial mantle thermal state (cool: 1750–1925 K; warm: 1925–2100 K). Results are
shown as the medians, with 1-σ deviations super- and subscripted. The first 100 Myr of outgassing is not
included in the mean flux due to the initial transience explained in the text.

Redox shift
from IW Initial mantle thermal state

cool warm all

pressure mass flux pressure mass flux pressure mass flux
(ˆ1017) (ˆ1011) (ˆ1017) (ˆ1011) (ˆ1017) (ˆ1011)

CO2

[-3,-1)

0.0`0.0
´0.0 0.0`0.1

´0.0 0.0`0.0
´0.0 0.0`0.0

´0.0 0.0`0.1
´0.0 0.0`0.0

´0.0 0.0`0.0
´0.0 0.0`0.1

´0.0 0.0`0.0
´0.0

CO 0.0`0.0
´0.0 0.1`1.1

´0.1 0.0`0.1
´0.0 0.0`0.0

´0.0 0.3`0.7
´0.3 0.0`0.0

´0.0 0.0`0.0
´0.0 0.2`1.0

´0.2 0.0`0.1
´0.0

H2O 0.1`0.3
´0.1 24.9`50.0

´14.9 2.1`2.9
´1.3 0.1`0.2

´0.1 37.9`39.9
´26.3 2.6`2.6

´1.6 0.1`0.3
´0.1 33.2`43.5

´22.6 2.2`2.9
´1.4

H2 1.1`0.8
´0.7 29.8`20.8

´17.4 18.1`11.5
´8.9 1.3`1.4

´0.8 31.8`42.6
´19.7 19.5`20.2

´11.1 1.2`1.3
´0.7 30.1`35.1

´18.1 19.2`17.7
´10.6

CO2

[-1,0)

0.0`0.0
´0.0 1.3`3.2

´1.0 0.1`0.1
´0.0 0.0`0.0

´0.0 2.0`4.2
´1.6 0.1`0.1

´0.1 0.0`0.0
´0.0 1.6`3.6

´1.3 0.1`0.1
´0.1

CO 0.0`0.1
´0.0 5.2`9.8

´3.1 0.3`0.5
´0.2 0.1`0.1

´0.0 8.8`11.0
´6.6 0.5`0.6

´0.3 0.0`0.1
´0.0 6.9`12.0

´4.7 0.4`0.6
´0.3

H2O 1.1`1.3
´0.6 134.2`115.9

´75.6 9.3`8.0
´4.9 1.4`1.5

´0.8 144.3`150.5
´80.7 9.7`9.4

´4.9 1.3`1.3
´0.8 135.5`139.0

´76.5 9.3`9.2
´4.7

H2 2.0`1.7
´1.1 22.4`18.4

´13.8 14.7`10.8
´7.9 2.0`1.9

´1.1 22.2`26.7
´13.4 13.6`12.2

´7.4 2.0`1.8
´1.1 22.4`23.9

´13.7 14.3`11.6
´7.7

CO2

[0,1)

0.1`0.2
´0.1 20.5`31.8

´13.9 0.8`0.8
´0.5 0.2`0.4

´0.1 21.1`53.5
´14.1 0.8`1.5

´0.5 0.2`0.3
´0.1 21.1`35.9

´14.3 0.8`1.2
´0.5

CO 0.3`0.4
´0.2 27.1`34.3

´20.0 1.5`1.7
´1.0 0.4`0.4

´0.3 37.6`43.3
´27.5 2.2`1.6

´1.6 0.4`0.4
´0.3 36.5`34.9

´29.1 1.7`1.9
´1.2

H2O 3.3`3.4
´2.1 189.0`281.3

´123.0 12.6`16.1
´6.4 3.7`5.4

´2.1 254.3`306.5
´170.6 15.6`19.1

´10.5 3.6`4.1
´2.4 220.2`258.3

´150.6 14.5`15.1
´9.0

H2 1.8`2.4
´1.3 11.2`18.6

´7.3 6.3`10.2
´3.3 1.8`2.0

´1.1 11.6`12.3
´7.9 7.2`9.1

´4.7 1.8`2.2
´1.3 11.6`17.2

´7.8 6.7`10.0
´4.0

CO2

[1,2)

0.5`0.5
´0.3 58.5`47.5

´35.0 1.7`1.4
´1.0 0.5`0.8

´0.3 64.0`77.1
´34.3 2.1`1.7

´1.0 0.5`0.6
´0.3 58.8`63.3

´30.5 2.0`1.5
´1.1

CO 0.3`0.4
´0.2 24.6`20.9

´14.0 1.2`1.1
´0.7 0.4`0.4

´0.2 24.9`28.5
´9.8 1.3`1.0

´0.8 0.3`0.4
´0.2 24.9`28.3

´12.7 1.3`1.0
´0.8

H2O 4.4`3.7
´2.6 192.3`198.4

´111.2 13.6`14.2
´6.3 6.5`8.2

´4.3 328.8`417.5
´231.5 24.8`25.0

´16.5 5.4`5.6
´3.3 252.8`250.3

´155.9 16.7`21.3
´9.4

H2 0.7`0.8
´0.4 3.7`4.0

´2.2 2.1`1.9
´1.0 1.0`1.4

´0.6 5.4`8.1
´3.7 3.8`5.0

´2.7 0.7`1.1
´0.4 3.8`6.9

´2.4 2.6`4.2
´1.6

CO2

[2,3)

1.2`0.9
´0.7 123.8`74.0

´70.9 3.2`1.5
´1.7 1.1`1.7

´0.5 118.1`152.4
´54.8 2.9`3.2

´1.1 1.1`1.3
´0.6 118.9`105.7

´58.2 3.1`2.1
´1.4

CO 0.3`0.2
´0.2 18.2`10.5

´11.1 0.7`0.4
´0.4 0.2`0.3

´0.1 14.6`20.1
´6.3 0.6`0.7

´0.3 0.2`0.2
´0.1 15.5`15.4

´8.2 0.7`0.5
´0.4

H2O 7.9`3.5
´5.1 334.8`203.2

´219.5 20.7`13.3
´10.7 7.7`6.4

´4.7 314.4`315.9
´208.6 19.9`19.0

´12.5 7.7`5.3
´4.8 318.9`242.9

´211.0 20.6`15.6
´11.6

H2 0.5`0.3
´0.3 2.1`1.7

´1.5 1.2`1.1
´0.8 0.4`0.4

´0.2 1.5`2.4
´0.9 1.0`1.1

´0.6 0.4`0.4
´0.2 1.7`2.2

´1.1 1.0`1.1
´0.7

CO2

[3,4)

1.4`1.6
´0.9 143.2`154.0

´94.9 3.5`3.2
´2.1 1.1`2.3

´0.7 109.6`169.5
´67.0 2.6`3.5

´1.6 1.3`1.8
´0.9 123.0`169.7

´79.9 3.1`3.6
´2.0

CO 0.1`0.1
´0.1 5.4`7.1

´3.5 0.2`0.3
´0.1 0.1`0.1

´0.1 5.8`5.4
´4.1 0.2`0.2

´0.2 0.1`0.1
´0.1 5.5`6.2

´3.6 0.2`0.2
´0.1

H2O 7.5`8.4
´4.6 294.8`377.5

´183.1 22.0`21.8
´12.3 6.8`6.7

´3.9 258.0`293.6
´150.5 19.1`14.5

´10.3 7.0`8.2
´4.1 285.1`322.5

´177.3 20.9`17.0
´12.0

H2 0.1`0.2
´0.1 0.5`0.9

´0.4 0.3`0.5
´0.2 0.1`0.1

´0.1 0.5`0.5
´0.3 0.3`0.2

´0.2 0.1`0.2
´0.1 0.5`0.8

´0.3 0.3`0.4
´0.2

model, we should emphasize that this figure shows only the mean of each fO2 bin for clarity. The standard

deviations are quite large (see statistics in Table 9). Indeed, ě1 Tmol yr´1 of CO2 outgassing is more

common for Tini greater than „2000 K and χCO2,ini greater than „80 ppm, although an increase in fO2

is the easiest way to guarantee higher outgassing.1 Equally, some parameter combinations also produce

substantially lower outgassing rates.

To illustrate the spread across all model runs, figure 31 shows every result for the cumulative outgassed

mass per species, as a function fO2. C and H species are well-separated by mass, except for cases close

to the IW buffer. Going from IW´2 to IW`4, the mass of H2O increases by over an order of magnitude,

and for CO and CO2, at least four orders of magnitude, whilst the mass of H2 decreases. The hydrogen

speciation shows a gradient in redox. The carbon speciation also shows a gradient in redox, whilst the total

amount of carbon depends on partitioning (itself a function of redox).

It is worth emphasizing that figure 31 does not show the actual gas masses residing in the atmosphere.

For instance, the atmospheric partial pressure of H2O is limited to the saturation vapour pressure of liquid
1These cutoff values should not be taken as rules of thumb, however.
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Figure 31: Each simulation’s final cumulative outgassed masses of H2 (grey dots), H2O (blue dots), CO
(aubergine dots), and CO2 (coral dots), plotted as a function of mantle redox. Marker size increases with
higher cumulative melt volume. All 500 parameter combinations are shown.

water; the cooling timescale of the outgassed plume to ambient temperatures is irrelevant on the Myr-

timescales of this model. At Tsurf “ 333 K, the saturation vapour pressure is 0.2 bar. Section 3.2.5

qualitatively discusses the main controls on atmospheric sinks. The cumulative masses also record the early

pulse of outgassing, especially for H species.

The primary influence of fO2 on the mass of outgassed volatiles is built into the model. Intrinsically,

there are three reasons for the mass dependence in figure 31. The first two reasons comprise the redox-

dependent speciation (setting total carbon) and volatile speciation (setting H2O/H2 and CO2/CO) already

described. The third reason is that the reduced gases investigated here (H2 and CO) have a lower molecular

mass than their oxidized counterparts (H2O and CO2). Thus, for equal moles outgassed, reduced atmo-

spheres are necessarily less massive than oxidized atmospheres.

Correlation of outgassing with model parameters. Figure 32 summarizes the (nonlinear) Spear-

man’s rank correlation coefficients between outgassing fluxes averaged over the final 10 Myr and the eight

input parameters tested (Table 8). Beyond the mantle oxidation state, we find relatively moderate correlation

with χH2O,ini and fextr, weak correlation with χCO2,ini, and no correlation with the initial thermal state.
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Figure 32: (Left): The matrix of Spearman’s rank correlation coefficients between input parameters and
outgassing fluxes averaged over the final 10 Myr, plus the summed flux of all outgassed molecules for the
same time frame. Symbols are defined in Table 8. (Right): The same, but for key intermediate output
variables—the volumetric melt production rate, rmelt, and the melt concentrations of CO2 and H2O, χmelt

CO2

and χmelt
H2O. Note that the moderate correlation between χmelt

CO2
and H-species outgassing is due to the mutual

effect of fO2 on both quantities, while the correlation of fO2 with the total flux appears low because it does
not affect the sum of H2 and H2O.

Influence of initial temperatures. We find virtually no correlation between initial temperature con-

ditions and outgassing fluxes after 700 Myr of convection. However, an initially hotter mantle closer to

the solidus temperature forces a sharp pulse of melting in the first 100 Myr, expelling massive amounts

of water and indeed raising the total moles of water outgassed. This is also not to say that instantaneous

local temperatures are unimportant, as they affect the melt fraction as well as the equilibrium constants in

equations (226), (233), and (234).

Influence of initial volatile budgets. The importance of the initial volatile budget varies between H

and C species. For H2O, initial mantle concentrations and instantaneous melt concentrations show a nearly

identical correlation with outgassing flux, which illustrates how the mantle budget affects outgassing via

melt partitioning. In contrast, χCO2,ini barely affects instantaneous melt concentrations, so it barely affects

outgassing.
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Influence of extrusive volcanism percentage. We expect an approximately linear relationship be-

tween the maximum outgassing flux and the fraction of melt allowed to contribute to outgassing. Although

the correlation between this fraction and the computed outgassing fluxes is relatively moderate compared

to certain other parameters (figure 32), note that accounting for extrusive volcanism in this model auto-

matically downscales outgassing. For example, all else being equal, the difference in the outgassing flux

between fextr “ 0.1 and fextr “ 1 is an order of magnitude.

Trade-offs between melt production and volatile concentration. In principle, the total C (or H)

outgassing flux is proportional to the product of the C (or H) melt concentration times the volumetric melt

production (but melt fractions are not independent of H2O mantle concentrations). To see how much this

trade-off matters, figure 32 also compares the correlation of outgassing flux with the instantaneous volatile

melt concentrations and melt production rates. CO2 and H2O outgassing fluxes both correlate more strongly

with their respective melt concentrations than with melt production rates.

Therefore, simply scaling outgassing with melting may neglect the high variability of volatile content

in melts and could misrepresent fluxes in a stagnant lid regime. Whilst this is especially true for carbon

species, where melt content overwhelmingly depends on fO2, it also holds for H2O and H2, and so is not

restricted to redox-dependent partitioning.

Composition, flux, and total mass of early Archean outgassing. Following the parameter study from

the previous section, figure 33 shows the posterior probability distributions of cumulative outgassed masses

for different redox scenarios. Confidence intervals for masses, pressures, and fluxes are listed in Table 9.

For a constant mantle oxidation state between 3 and 4 log-units above the IW buffer, for example, our

median and 68% confidence intervals for the mean volcanic outgassing fluxes are 0.31`0.36
´0.20 Tmol yr´1

CO2, 0.02`0.02
´0.01 Tmol yr´1 CO, 2.09`1.70

´1.20 Tmol yr´1 H2O, and 0.03`0.04
´0.02 Tmol yr´1 H2. The corresponding

cumulative masses of H2O are about 2% of an Earth ocean, verifying that earlier magma ocean degassing

supplied most of the original ocean mass (Pahlevan et al., 2019).

Sensitivity to gradual mantle oxidation scenarios. Several mechanisms for mantle oxidation have been

proposed (e.g., Wood et al., 2006; Sharp et al., 2013; Gaillard and Scaillet, 2014; Wordsworth et al., 2018;

Schaefer and Elkins-Tanton, 2018; Nicklas et al., 2019), including degassing itself (Kasting et al., 1993).

By tracking the concentration of abundant multivalent cations, one could self-consistently evolve the mantle

redox state within our outgassing scenarios.

We leave this to future work, and as a first step, simply consider a linear increase of log fO2 from IW´2

to IW`2, for a new set of 50 runs with otherwise random parameters.
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Figure 33: Histograms showing the empirical distribution of 700-Myr-cumulative outgassed masses for
CO2 (top), CO, H2O, and H2 (bottom). Distributions are “marginalized” across mantle redox states, where
each colour shows one of five fO2 ranges, as indicated by the y-axis labels. Bold vertical lines indicate the
medians; hatched regions mark the 68% confidence interval.

94



3 APPLICATION OF THE CHEMICAL SPECIATION MODEL

Figure 34 demonstrates that secularly increasing log fO2 results in H2O and H2 outgassing which is not

very distinguishable from a constant log fO2 ´ IW P r0, 2s. Low fO2 does not affect melt concentrations,

so the same total amount of H2O plus H2 can be outgassed. Meanwhile, carbon is drastically limited in

melts during the early reduced stage, permitting lower total outgassing. Small differences in cumulative

outgassing could represent dramatic differences in the ultimate atmospheric composition.

Figure 34: The modelled evolution of total outgassed pressure, compared between scenarios where log( fO2)
is fixed randomly between IW`0 and IW`2 (dashed grey lines; N “ 118), and scenarios where fO2 linearly
increases from IW´2 to IW`2 over 700 Myr (solid gradient lines; N “ 50). The colour gradient indicates
the instantaneous mantle redox.

3.2.5 Discussion

Novelties introduced with this model. Earlier theoretical works on redox-dependent gas speciation pre-

dicted that both H2 and CO would dominate the outgassing of a reduced early mantle (e.g., Kasting et al.,
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1993). This work suggests that CO2 outgassing is lower than what one would expect from speciation alone,

since its concentration is also limited in reduced melts. Direct comparisons of our results with previous

model predictions of planetary outgassing are encumbered, however, by different model assumptions and

choices of what physics to include. For example, in their outgassing model of an Earth-mass stagnant-lid

planet, Tosi et al. (2017) did not calculate speciation. Still, their 700-Myr-cumulative partial pressures for

H2O („5.1 bar) and CO2 („0.25 bar) are within the range of our corresponding results for H2O + H2 and

for CO2 + CO (IW; χH2O,ini = 500 ppm).

Submarine versus subaerial outgassing. We have assumed that all outgassing is subaerial. Because crust

is not subducted, volcanic eruptions might build up land above sea level relatively quickly, and volatiles

would degas freely from surface lavas.

At surface pressures near 1 bar there is almost no effect on solubility or fO2 in our chosen parameteri-

zations. Several independent constraints place an upper limit on either the surface barometric pressure or

pN2 at 1.1 bar for the 3.5–2.7 Ga period (Marty et al., 2013; Catling and Zahnle, 2020). As such, we do not

include any pressure-dependence of gas solubility in the melt, or of the redox change during degassing.

If most outgassing were submarine instead of subaerial, then the higher degassing pressures would cause

melts to retain more volatiles, and global outgassing rates would be even lower than predicted here.

The effects of a stagnant lid on outgassing rates. In theory, some net effects of imposing a stagnant lid

on outgassing are:

(i) The magmas generated under a stagnant lid dissolve less CO2 and H2O than those supplying arc

volcanism, which samples recycled crustal material heavy in carbonates, organic carbon, and water

(Wallace, 2005). Hotspot plumes also show evidence of crustal recycling (e.g., Shorttle et al., 2015;

Tucker et al., 2019) and are associated with volatile-rich magmas. In any case, the modern mantle

source is likely highly processed.

(ii) Less continuous melting may occur under a stagnant lid despite higher interior temperatures because,

three-fold, mantle convection is less vigorous due to its lower temperature contrast, the melt zone is

separated from the surface by a thick lithosphere unlike arc or ridge volcanism, and the depleted

mantle is not refertilized by subducting plates.

(iii) The presence of water in recycled near-surface rock under plate tectonics would also lower the

solidus, facilitating even greater melting near subduction zones (Katz et al., 2003). These arguments

are tentatively supported by the observation that Venus appears to be less volcanically active than

Earth (Smrekar et al., 2010).
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Figure 35: Summary of C outgassing fluxes with respect to (from left to right) mantle source CO2 content,
melt production rate, melt CO2 content, and mantle oxidation state; note the log scale in melt content.
Time-dependent variables represent the mean of the final 10 Myr. Each circle denotes an individual model
run. Solid lines show the median of all runs. Solid swaths show the 68% confidence interval, with CO flux
in blue and CO2 flux in red. For context, modern Earth estimates are also shown for CO2. The light blue
rectangle spans the estimate from Hauri et al. (2017) of total CO2 outgassing flux from the mid-ocean ridge
(MOR) system. The beige rectangle spans the same estimate from Dasgupta and Hirschmann (2010) for
hotspot volcanism. MOR mantle source concentrations are from Hauri et al. (2017); depleted mantle (DM)
concentrations are from Marty (2012); ocean island basalt (OIB) mantle source concentrations are from
Hauri et al. (2019); hotspot melt production is from Mjelde et al. (2010); MOR melt production is from
Cogné and Humler (2006); mid-ocean ridge basalt (MORB) and OIB melt concentrations of CO2 are from
Hauri et al. (2019); MORB fO2 is from O’Neill et al. (2018), and OIB fO2 is from Amundsen and Neumann
(1992). fO2 relative to IW was converted from QFM roughly assuming 1 bar and 1000 K.

Further discussion of the effect of tectonic mode on mantle outgassing can be found in Tosi et al. (2017)

and Foley and Smye (2018).

Observational context. Few proxy constraints exist on Archean outgassing rates. Avice et al. (2017) use

a Xe isotope anomaly in Archean quartz to suggest mantle degassing was about tenfold greater at 3.3 Ga

than at present. This proxy would apply to C-O-H outgassing rates at 3.3 Ga if they were derived directly

from magma production rates. In our model, though, the volatile content of the melt is at least as important

as the volume of the melt in determining C-O-H outgassing rates. Still, these high melting rates suggested

by Xe isotopes are not matched by our stagnant lid model, despite testing realistic prior ranges of different

input parameters. Speculatively, this could indicate that plate tectonics was already active by 3.3 Ga, which

would lead immediately to orders of magnitude-higher melting rates (Noack et al., 2014).

It might help bring context to the results here if we imagine how they collate with modern volcanic out-

gassing. This would require comparing the same ends across different means, however; modern outgassing

is almost entirely inseparable from plate tectonics (see section 3.2.5 above). Hence, a comparison would

mostly provide a platform to understand the trade-offs between different components of the outgassing flux.

Figures 35 and 36 summarize our modelled outgassing fluxes as a function of their components (melt pro-

duction, mantle fO2, and source and melt volatile concentrations), with present-day estimates overplotted for

hotspot and ridge volcanism. Arc volcanism is omitted because it tends to fall beyond these axis limits—arc

magmas can typically have a few weight percent H2O and CO2 (Blundy et al., 2010; Plank et al., 2013).
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Figure 36: Analogous to Figure 35, but for H species. Subplots show outgassing fluxes with respect to (from
left to right) mantle source H2O content, melt production rate, melt H2O content, and mantle oxidation state;
note the log scale in melt content. Time-dependent variables represent the mean of the final 10 Myr. Each
circle denotes an individual model run. Solid lines show the median of all runs. Solid swaths show the 68%
confidence interval, with H2 flux in grey and H2O flux in blue. For context, modern Earth estimates are also
shown for H2O. The beige rectangle spans the estimate from Dasgupta and Hirschmann (2010) for CO2
hotspot volcanism, multiplied by 7–8, the typical ratio of H2O to CO2 in volcanic gas from Holland (1984).
Depleted mantle (DM) concentrations are from (Marty, 2012); Hawaii mantle source concentrations are
from Wallace (1998); hotspot melt production is from Mjelde et al. (2010); Hawaii melt concentrations are
from Wallace and Anderson (1998), and OIB fO2 is from Amundsen and Neumann (1992). fO2 relative to
IW was converted from QFM roughly assuming 1 bar and 1000 K.

These figures demonstrate, for instance, how our model tends to produce carbon-poor melts compared

to modern magmas (Hauri et al., 2019). Hotspot volcanism in particular has been associated with mantle

sources even higher in fO2, up to the nickle-nickle oxide buffer (e.g., Amundsen and Neumann, 1992; Mous-

sallam et al., 2016), which is outside the range of graphite stability—making the redox-dependent carbon

partitioning model we use here inapplicable. The somewhat-higher integrated melt production compared

to hotspots (Mjelde et al., 2010) barely compensates for the low CO2 content, and we ultimately find CO2

fluxes approaching the lowest estimates of the hotspot outgassing flux (Dasgupta and Hirschmann, 2010;

Hauri et al., 2019). Overall, even for the most fortuitous parameter combinations, outgassing fluxes pre-

dicted in this model are at most still several times lower than the modern sum of hotspot, ridge, and plume

outgassing (3–10 Tmol yr´1 CO2; Gerlach, 2011).

From outgassing to atmospheric composition. Even before biological influence, many complex atmo-

spheric processes ensure that the steady-state atmospheric composition does not mimic the volcanic gas

composition. Neither does the oxidation state of atmosphere mimic the oxidation state of mantle: photo-

chemical reactions and H escape can oxidize reduced gases, and extraterrestrial impactors could provide

significant reducing power (Zahnle et al., 2020). Further, it is entirely possible that an earlier atmosphere

degassed from the magma ocean was in some part still present at the end of the Hadean (Elkins-Tanton,

2012). Even the solar nebula cannot be discounted as an additional component of the atmospheric composi-

tion on top of outgassing, since there is no strong evidence that the primary atmosphere was lost completely

by 4.5 Ga (although such a hypothesis is not favoured by studies cited throughout this section). We do
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not model the atmospheric composition here because the complexities described above deserve more astute

attention. For completeness, though, this section discusses several key processes that modulate atmospheric

partial pressures post-outgassing.

Weathering. The equilibrium between outgassing sources and silicate weathering sinks generally

balances atmospheric CO2, with seafloor weathering as a potential additional sink (Charnay et al., 2017;

Krissansen-Totton and Catling, 2017). Weathering is thought to regulate the surface temperature via a

negative feedback (Walker et al., 1981). Once the carbon cycle reaches steady state, the partial pressure

of CO2 becomes largely independent of initial conditions, assuming a single equilibrium combination of

pCO2 and surface temperature for a given outgassing flux. With an equilibrium time scale for atmospheric

CO2 of „1 Gyr (Kanzaki and Murakami, 2018), however, the early Archean carbon cycle could have still

be adjusting to any historical magma ocean degassing.

All else being equal, lower outgassing means a cooler climate, a weaker need to weather, and a lower

weathering flux. Krissansen-Totton et al. (2018) provide a rare example of a carbon cycle model tested

with sub-modern total CO2 outgassing rates; possible, they acknowledge, with a less-active lid or a low- fO2

mantle. They find pCO2 as low as „10´3 bar using a minimum outgassing of 1.4 Tmol yr´1 (Tosi et al.,

2017), a flux which is higher than the maximum calculated in this study. The Krissansen-Totton et al. (2018)

model would suggest that pCO2 was probably not higher than 10´3 bar if the total outgassed input were less

than 1.4 Tmol yr´1. This model assumes weathering is not limited by mineral supply; following Foley and

Smye (2018), the supply limit to silicate weathering would only be reached at CO2 fluxes of over 100–1000

Tmol yr´1 for our stagnant lid scenarios (i.e., it is not reached). For comparison, the earliest likely proxy

measurement (3.2 Ga) gives a lower limit of 2.5 ˆ 10´3 bar, based on weathering rind analyses (Hessler

et al., 2004).

Hydrogen escape. In the Archean, the atmospheric mixing ratio of hydrogen would have been deter-

mined by the balance between H2 outgassing plus impact degassing on one hand, and atmospheric escape

on the other hand. In an anoxic atmosphere, the reduction of oxidized volatiles would have been negli-

gible. Because the H2 mixing ratio depends on more than just the H2 outgassing flux—for example, the

partial pressure of H2O at the tropopause cold trap, which is also a source of escaping hydrogen—we do

not attempt to constrain the mixing ratio in this work. However, we can put our results in context.

Kuramoto et al. (2013) modelled Archean H2 escape rates and suggest H2 mixing ratios below 1% by

volume at the homopause—this is employing a higher-than-modern outgassing flux, 2.4 ˆ 1013 mol yr´1,

although the Kuramoto et al. (2013) model depends more on solar EUV flux than on outgassing because of

escape rates below the diffusion limit. Meanwhile, Zahnle et al. (2019) invoked Xe fractionation to suggest
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that hydrodynamic escape could have taken place over a lengthy 1–2 Gyr, with a minimum H2 mixing ratio

of 1% (or equivalent CH4) at times during the Archean, but not necessarily throughout. At face value, then,

our results taken with the <1% H2 mixing ratios (based on higher outgassing rates) from Kuramoto et al.

(2013) imply that additional sources of hydrogen (i.e., impactors) are required to replenish escaping H2 and

meet Xe constraints.

Condensation of oceans. Unlike carbon dioxide and hydrogen, the portion of outgassed water re-

maining in the atmosphere is small because the condensation timescale is short. We can assume that out-

gassed H2O condensed up to the vapour pressure of liquid water (0.2 bar at 333 K), which sets a maximum

tropospheric partial pressure. If all outgassed water condenses, then our results imply an equivalent global

layer on the order of 1 m (most reduced cases) to 100 m (most oxidized cases). This suggests that the

collapse of an earlier steam atmosphere was likely to have produced the majority of the volume of Earth’s

first ocean.

Other carbon species. CO molecules carried to the atmosphere by both outgassing and impacts would

be oxidized to CO2 by the products of H2O photodissociation, H and OH, followed by OH dissociation into

O´ and H`. The H` ions are driven away by solar wind, and the O´ reacts with CO to form CO2. Hence

estimates of pCO also require a more detailed atmospheric chemistry model (e.g., Kasting, 1990).

This work has ignored CH4 outgassing entirely because CH4 is not stable at the pressure, temperature,

and redox ranges we consider (Zhang and Duan, 2009; Wetzel et al., 2013; Ramirez et al., 2014). At high

pressures deep in the lithosphere, some CH4 would be produced from a reduced source, but we only consider

outgassing at the surface. Although CH4 can be stable at surface pressures, it is not directly outgassed from

the magma due to the high temperatures.

Implications of low Archean outgassing rates for greenhouse warming under the Faint Young Sun.

Despite the fainter luminosity of the young sun, there is geochemical evidence for a temperate climate and

stable oceans on Earth as early as 4.4 Ga (e.g., Wilde et al., 2001; Valley et al., 2002, 2014). Popular

attempts to resolve this paradox invoke a stronger-than-modern greenhouse of CO2 or CH4 (see review in

Charnay et al., 2020). Volcanic outgassing would have been the main source of these greenhouse gases; we

expect outgassing to have order-of-magnitude effects on steady-state pCO2 and surface temperature (Walker

et al., 1981; Sleep and Zahnle, 2001; Kadoya and Tajika, 2014; Höning et al., 2019). In the classic Walker

et al. (1981) framework, one would generally expect a lower CO2 outgassing rate to always produce both a

cooler climate and correspondingly lower weathering rates, with a lower pCO2 at steady state. Here we are

discounting the additional source of carbonate metamorphism, assuming that this process primarily occurs

in tectonic settings.
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Indeed, the CO2 outgassing rates predicted here are at best almost an order of magnitude lower than the

values tending to be presumed in Archean Earth climate models, including those investigating solutions to

the Faint Young Sun paradox (e.g. Sleep and Zahnle, 2001; Wordsworth and Pierrehumbert, 2013; Charnay

et al., 2017; Kanzaki and Murakami, 2018; Krissansen-Totton et al., 2018). The elevated outgassing rates

used in many of these models might relate to a plate tectonics setting at the time, or a higher ratio of

extrusive to intrusive melt than modelled here. Fundamentally, the notion of higher outgassing in the past

seems to be based on the notion of higher mantle heat flow in the past (e.g., Turcotte, 1980). As we have

argued throughout this study, such a calibration assumes that variations in outgassing are mostly explained

by variations in melt production, and that the Archean melt production was necessarily higher. Our results

would refute both these assumptions under a stagnant lid scenario. Firstly, CO2 magma concentrations show

a stronger correlation with CO2 outgassing than do melt production rates. Secondly, we nevertheless fail to

produce high global melt production rates.

We cannot quantify the likelihood of a temperate 15°C Archean without climate models—however, a

planet warmed purely by CO2 does seem more difficult to justify given our results. For example, Wolf

and Toon (2014) use a 3D general circulation model to show that maintaining 15°C requires 200 mbar of

pure CO2 at 3.8 Ga, if other climate parameters (e.g., day length) are not optimal, and tens of mbar if they

are. This partial pressure lower limit surpasses the tentative „1 mbar pCO2 result given ě 1.4 Tmol yr´1

outgassing from Krissansen-Totton et al. (2018). Given the amount of uncertainty, this order-of-magnitude

discrepancy does not cancel prevailing possibilities. Dedicated atmospheric modelling should estimate the

feasibility of greenhouse warming fed by weaker outgassing under various unconstrained climate parame-

ters.

If anything, our results suggest that if early Archean outgassing could be described by a stagnant lid

model and if mantle fO2 were below the IW buffer, then virtually no CO2 would be outgassed. For CO2 melt

concentrations of 600 ppm (figure 29), outgassing 6 Tmol yr´1 (the low end of the present-day estimate)

with 40% extrusive melt would require a magma supply of 370 km3 yr´1, equivalent to producing the

Deccan Traps in 3000 years. Any reliance on a CO2 greenhouse to address the Faint Young Sun problem

for Earth might then seem to put implicit constraints on the contemporaneous mantle oxidation state, or else

require obscene volcanism.

3.2.6 Conclusions

This work has coupled a 2D numerical convection model with melting, partitioning, and volatile speciation

models to calculate the redox-dependent volcanic outgassing fluxes of C-O-H species for a stagnant lid

planet. We have applied this model to Earth in the Hadean and early Archean, finding typical global

CO2 and H2O outgassing fluxes of less than 1 Tmol yr´1 and 10 Tmol yr´1 respectively, depending on
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the mantle oxidation state. For an oxidation state at least two log-units above the IW buffer, we predict

outgassing fluxes as low as a few percent of the modern day value. For all species considered, outgassing is

predominantly controlled by mantle fO2, whilst the assumption of a stagnant lid in our model explains the

low outgassing rate compared to modern Earth.

These flux calculations could be used to constrain the early Earth’s atmospheric evolution. An estimate

of H2O, CO2, H2, and CO partial pressures would have to consider not only photochemistry, silicate weath-

ering, and hydrogen escape, but also constraints on the atmosphere left over from accretion and magma

ocean degassing, as well as extraterrestrial volatile delivery.

Atmospheric CO2, in particular, represents a balance between outgassing and weathering. The evolu-

tion of CO2 outgassing through the early Archean represents a large uncertainty on greenhouse gas-based

solutions to the Faint Young Sun problem. Although many studies of the early Earth climate have focused

on constraining weathering fluxes, outgassing fluxes—especially in a stagnant lid scenario—have gone

underexplored. It is perhaps not wholly appreciated that the CO2 outgassing flux could be over an order

of magnitude lower in the absence of plate tectonics. Considering the fairly high CO2 partial pressures

needed to produce clement conditions (Charnay et al., 2020), these results could be used to test whether an

early initiation of plate tectonics—combined with an early date of mantle oxidation—may be relevant for a

temperate young planet.
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3.3 Effect of mantle oxidation state and escape upon the evolution of Earth’s magma

ocean atmosphere

Katyal N., Ortenzi G., Grenfell J.L., Noack L., Sohl F., Godolt M., Muñoz A.G., Schreier F., Wunderlich

F. and Rauer H. Effect of mantle oxidation state and escape upon the evolution of Earth’s magma ocean

atmosphere. A&A 643, A81 (2020) https://doi.org/10.1051/0004-6361/202038779

3.3.1 Abstract

Context. The magma ocean period was a critical phase determining how Earth’s atmosphere developed into

habitability. However, there are major uncertainties in the role of key processes such as outgassing from

the planetary interior and escape of species to space that play a major role in determining the atmosphere

of early Earth.

Aims. We investigate the effect of outgassing of various species and escape of H2 for different mantle

redox states upon the composition and evolution of the atmosphere for the magma ocean period.

Methods. We included an important new atmosphere-interior coupling mechanism: the redox evolution

of the mantle, which strongly affects the outgassing of species. We simulated the volatile outgassing and

chemical speciation at the surface for various redox states of the mantle by employing a C-H-O based

chemical speciation model combined with an interior outgassing model. We then applied a line-by-line

radiative transfer model to study the remote appearance of the planet in terms of the infrared emission

and transmission. Finally, we used a parameterized diffusion-limited and XUV energy-driven atmospheric

escape model to calculate the loss of H2 to space.

Results. We have simulated the thermal emission and transmission spectra for reduced and oxidized

atmospheres present during the magma ocean period of Earth. Reduced/thin atmospheres consisting of H2 in

abundance emit more radiation to space and have a larger effective height than oxidized/thick atmospheres,

which are abundant in H2O and CO2. We obtain that the outgassing rates of H2 from the mantle into

the atmosphere are a factor of ten times higher than the rates of diffusion-limited escape to space. We

estimate the timescale of total mass loss of outgassed H2 via escape to be few tens of million years, which

is comparable to other studies.

Conclusions. Our work presents useful insight into the development of the terrestrial atmosphere during

the magma ocean period and provides input to guide future studies that discuss exoplanetary interior com-

positions and their possible links with atmospheric compositions that might be estimated from observed

infrared spectra by future missions.
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3.3.2 Introduction

Understanding how the early atmosphere of Earth emerged into habitable conditions is a central question

not only for addressing our own origins, but also for interpreting the fascinating new data in exoplanetary

science (for recent reviews, see, e.g., Jontof-Hutter, 2019; Madhusudhan, 2019). Magma oceans (MOs)

consisting of hot and molten silicates in the mantle exist during the planetary accretion phase (Elkins-

Tanton, 2012) and facilitate the formation of an atmosphere by outgassing of volatile species such as H2O,

CO2, H2, CH4 , and CO . Thus, the MO period likely represents a key juncture on the pathway to habitability

because atmosphere-interior couplings (e.g., Elkins-Tanton, 2012; Lebrun et al., 2013; Hamano et al., 2013;

Schaefer et al., 2016) established during this phase could have set the stage for subsequent atmospheric

evolution. The duration of the magma ocean phase is potentially affected by the absence or presence of an

atmosphere and the interior dynamics of the mantle (e.g., Lebrun et al., 2013; Nikolaou et al., 2019) that

affect the thermal spectral evolution of the planet (e.g., Hamano et al., 2015; Katyal et al., 2019). Other

uncertainties such as the initial volatile inventory of the mantle, for example, the amount of H2O stored

in the mantle (Genda et al., 2017; Meech and Raymond, 2019), and compositional constraints such as

the mantle oxygen fugacity (Hirschmann, 2012; Schaefer and Fegley, 2017) are also important quantities

that might critically affect the oxidation state of outgassed volatiles and hence the subsequent climate and

compositional evolution of the atmosphere.

The budget and origin of volatiles in the mantle of Earth is one of the main questions in geo-science (see,

e.g., Meech and Raymond, 2019). Recent studies suggest quite diverse scenarios that range from a wet, late

accretion to a dry accretion to which water was added mostly during the “late veneer”, which is proposed

to have occurred roughly around 80-130 Myr after the isolation of protoplanetary nebula at around 4.5 Gyr

before present (Albarede et al., 2013). Abundances of highly siderophile elements (HSE) and other volatile

species such as H2O suggest that volatile-rich material was added to Earth after its core formed (Albarède,

2009). Measurements of the abundances of water and carbon in the bulk silicate Earth (BSE) show that the

late veneer might indeed have supplied 20% - 100% of the budget of the total hydrogen (H) and carbon (C)

in the BSE (Wang and Becker, 2013). Some recent studies do not support the late veneer as the main source

of water on Earth (Dauphas, 2017; Fischer-Gödde and Kleine, 2017; Hopp and Kleine, 2018) and argue that

water was likely added to Earth already during the waning stages of accretion and thus was already present

during the late veneer. Interestingly, the reaction of terrestrial water and Fe from the late veneer produced

much hydrogen as a byproduct (Zahnle et al., 2020). There is increasing isotopic evidence indicating that

the late veneer might also have supplied a significant amount of reducing material onto the surface of Earth

and into the atmosphere (Genda et al., 2017; Greenwood et al., 2018; Zahnle et al., 2020).

The impact-degassing studies by Schaefer and Fegley (2007); Hashimoto et al. (2007); Schaefer and
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Fegley (2010) and Fegley and Schaefer (2014) also in general favored the outgassing of reduced gases

upon impacts by certain types of reduced meteoritic materials such as ordinary and enstatite chondrites.

Furthermore, changes in chondrites delivery rate are likely to affect the redox state of the mantle and hence

the atmospheric composition and amount, as suggested recently by Schaefer and Fegley (2017). Their work

also showed that the variation in oxygen fugacities for mixtures of primitive meteoritic material could lead

to atmospheres ranging from highly oxidizing to highly reducing ones (also see Hirschmann, 2012).

The redox state of the minerals and melts is related to the oxygen fugacity fO2 of the system that is

equivalent to the partial pressure of the gas or the availability of oxygen (Gaillard et al., 2015). This quantity

is poorly constrained for the early Earth (Frost and McCammon, 2008). The current understanding is that

before the formation of the Earth core „4.56 Gyr before present (Stevenson, 1983), the lower fO2 of the

upper mantle was approximately three log units below the reducing iron-wüstite (IW) buffer, that is, IW-3

and it evolved to a higher fugacity value that was approximately equivalent to the current mantle of Earth,

which resembles the quartz-fayalite-magnetite (QFM) buffer, that is, IW+3.5 (Wood et al., 1990; O’Neill,

1991). Direct geological evidence regarding the redox state of the mantle is sparse, and it is not clear when

the Earth may have been oxidized during the Hadean (Trail et al., 2011). However, the geological record

mainly suggests that the upper mantle was initially reduced and became progressively oxidized between 4.6

and 3.9 Gyr before present (Kasting et al., 1993; Delano, 2001; Schaefer and Fegley, 2017), with a possible

later further increase in redox state by « 1.3 at the end of the Archean (Aulbach and Stagno, 2016).

Previous interior modeling studies investigating atmospheres at and around the time of the magma ocean

(e.g., Lebrun et al., 2013; Hier-Majumder and Hirschmann, 2017; Nikolaou et al., 2019) have considered

outgassing of volatiles such as H2O and CO2, which means that they considered the mantle to be constantly

oxidized. These studies suggested outgassed pressures of H2O and CO2 ranging from a few tens to hundreds

of bar depending upon uncertainties, for instance, in the initial volatile content, the timing of the MO, and

internal properties of the mantle. Recent modeling studies have now started to investigate the effect of

the redox state on the outgassing. Pahlevan et al. (2019) investigated the effect of fO2 on the outgassing

and atmosphere losses and provided evidence for an early oxidation of silicate Earth using the D/H of the

oceans. Most recently, Ortenzi et al. (2020) calculated the expected outgassing rates for the reduced and

oxidized rocky planets and focused on exploring the observational constraints for the atmospheric (and

interior) redox state of exoplanets.

Hydrodynamic escape of H2 during this time („4.5 Gyr before present) was likely not sufficient to des-

iccate the planet (Kasting et al., 1993), so that conditions remained wet after the Moon-forming impact and

crystallization of the final MO (Lammer et al., 2018). Hydrogen would therefore have been a sufficiently

major component of an accretionary steam-based atmosphere during the MO phase. However, hydrogen

evolution around the time of the MO is poorly understood because of the uncertainties in accretion, out-
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gassing, ingassing, and escape (see, e.g., Tian, 2015). Several studies have considered the energy-limited

hydrodynamic escape of hydrogen from the early atmosphere (Archean) of Earth (Tian et al., 2005; Ku-

ramoto et al., 2013; Zahnle et al., 2019) and calculated somewhat differing results based on including or

excluding the effect of H2 diffusive flux on the gas-density profile and processes such as radiative cooling

and thermal conduction that these escape models treat, for example. Johnstone et al. (2019) have also dis-

cussed uncertainties in the energy-limited mass-loss formula when applied to the early atmospheres. For

rocky planets around M dwarfs, large amounts of water could be lost depending on the uncertainties in the

stellar luminosity, for instance (e.g., Tian and Ida, 2015; Schaefer et al., 2016).

We apply a coupled suite of interior and atmospheric models to investigate outgassing and escape during

the MO period and study the effect of varying the mantle fugacity on the atmospheric evolution. We also

calculate theoretical atmospheric spectra that serve as a link for observations with early Earth-sized planets.

In Section 3.3.3 we present the volatile speciation model and the atmospheric model. Section 3.3.4 presents

the scenarios we adopted. Section 3.3.5 provides results of the effect of the redox state of the mantle on the

infrared emission and transmission spectra. The interplay between outgassing and atmospheric loss of H2

is also presented in this section. In Section 3.3.6 we discuss our findings. Finally, we provide a conclusion

of our work in Section 3.3.7.

3.3.3 Methods and models

C-H-O based volatile speciation model. The outgassing and volatile chemical speciation were simulated

following the equilibrium and mass balance method (French, 1966; Holloway, 1981; Fegley, 2013; Gaillard

and Scaillet, 2014; Schaefer and Fegley, 2017) that has recently been presented in detail by Ortenzi et al.

(2020). We calculated the outgassed composition of the volatiles considering a broad range of temperatures,

pressures, and redox states. The four common petrological buffers used in the literature and their mantle

oxidation states are

2 Fe + SiO2 + O2 Fe2SiO4,QIF (238)

2 Fe + O2 2 FeO, IW (239)

3 Fe2SiO4 + O2 2 Fe3O4 + 3 SiO2,QFM (240)

Ni +
1
2

O2 NiO.NiNiO (241)

Quartz-iron-fayalite (QIF) and IW buffers represent reduced conditions, and quartz-fayalite-magnetite
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(QFM) and nickel-nickel-oxide (NiNiO) describe the oxidizing redox states. The oxidation state (oxygen

fugacity) for these buffers was calculated following the parameterization from Holloway et al. (1992),

log10 fO2 “ A´ B{T` CpP´ 1q{T ` Z, (242)

where the pressure (P) is in bars, the temperature (T) in is Kelvin, and the parameters A, B and C are

defined in Table 10. Z is a positive or negative number denoting the deviation from the fugacity values with

respect to the buffers, as stated in the table. We mainly used the IW buffer and chose Z to be -4 (highly

reducing), 0 (reducing), and 4 (oxidizing) in order to investigate the effect of a range of redox mantle states

on outgassing.

Buffer A B C

QIF 7.679 29673 0.05
IW 6.899 27714 0.05

QFM 8.555 24014 0.092
NiNiO 8.951 24556 0.046

Table 10: Data collected from Holloway et al. (1992) to obtain the oxygen fugacity of the mantle buffers as
listed.

By simulating the oxidation state, that is, the oxygen fugacity fO2 of the system, we are able to simulate

the gas chemical speciation via the following equilibria:

CO +
1
2

O2 CO2, and (243)

2 H2 + O2 2 H2O. (244)

To calculate the ratio between the carbon species (Eq. 243), we considered the equilibrium constant K1

for the equilibrium as

K1 “ exp

˜

´∆rG0
1

RT

¸

“
XCO2

XCO

1

fO2
1{2
, (245)

where R is the universal gas constant (8.314 J K´1 mol´1), T is the temperature of the outgassed material

in Kelvin, and ∆rG0
1 is the Gibbs free energy of the reaction in Eq. (243), where

∆rG0
1 “ ∆ f G0

CO2
´ ∆ f G0

CO. (246)

Substituting ∆rG0
1 and the calculated fO2 in Eq. (243) gives us all the necessary parameters needed to

calculate the carbon species. For Eq. (244), the Gibbs free energy of reaction ∆rG0
2 is related only to the
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Gibbs free energy of formation of water (∆ f G0
H2O),

∆rG0
2 “ 2∆ f G0

H2O. (247)

The values of ∆ f G0 for the different species were calculated following the example of Fegley (2013)

and compared to the literature (Chase, 1999).

Similarly, the abundances of H2 and H2O Eq. (244) are related to the equilibrium constant K2 and the

fugacity fO2 via

ˆ

XH2O

XH2

˙2

“ K2 fO2, (248)

where XH2O and XH2 are the mole fractions of H2O and H2 and are related to the partial pressure of each of

the species. The rate of outgassing of H2O can therefore be related to the rate of outgassing of H2 as

rH2O “ R1 rH2, (249)

where R1 “ pK2 fO2q
0.5, rH2 , and rH2O are the outgassing rates of H2 and H2O in units of m´2 s´1,

respectively.

Coupled interior-atmospheric evolution. A schematic for interior-atmosphere coupling is presented in

Figure 37. We started by taking the variation in surface pressure ps, surface temperature Ts , and volatile

abundances f init
H2O and f init

CO2
from the interior model output of Nikolaou et al. (2019), that is, a mantle tem-

perature of 4000 K and an initial mantle composition of XH2O “ 0.05 weight percent (wt%) (550 ppm) and

XCO2 “ 0.01 wt% (130 ppm) as the input. We then applied the volatile speciation model from Ortenzi et al.

(2020) as described in Sect. 3.3.3 to obtain the final outgassed molar abundance of the species as a function

of oxygen fugacity fO2 relative to the given mineral buffer (IW), as shown in Figure 38. This figure shows

that for a reduced mantle (between IW and IW-4) and increasing input H/C from top to bottom, we obtain

atmospheres that are rich in CO, CO+H2 mixtures, and H2. On the other hand, for a more oxidized mantle

with typically higher fugacity values (between IW and IW+4) and increasing input H/C from top to bottom

(Fig. 38), we obtain an atmosphere that is rich in CO2, H2O+CO2 , and H2O. The bottom panel of Fig. 38

corresponds to an initially assumed 100% H2O which results in a almost pure H2 atmosphere for a reduced

mantle and a pure H2O atmosphere for an oxidized mantle.

The initial outgassed volatiles H2O and CO2 taken from Bower et al. (2019) with a mean molar mass

µv react with the melt and result in a different composition of the species outgassed to the atmosphere as

calculated from the speciation model (Section 3.3.3). When the number of moles of the species C-H-O
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Reducing
atmosphere   
 

Oxidizing
atmosphere

H2O 
CO2

H2 

CO Magma ocean

       Core

H2 Escape

Outgassing

         Core

Melt

Figure 37: Schematic showing coupled interior-atmosphere exchange via outgassing of reduced species
such as H2 and CO (orange) for a reduced mantle (e.g., IW buffer) and oxidized species such as H2O
and CO2 (blue) for an oxidized mantle (e.g., QFM buffer) as the magma ocean solidifies. The H2 in the
atmosphere is lost to space via escape.

is kept constant in the speciation model, a different atmosphere with a new mean molar mass µatm results,

which has a different pressure at the bottom (surface) of the atmosphere, which we now call pboA. This

pressure is calculated based on the volatile mass balance (Bower et al., 2019),

pboA “ ps

ˆ

µatm

µv

˙

, (250)

where ps is the initial (surface) pressure of the volatiles calculated as a mono-gas atmosphere.

Starting from the mass of the outgassed species H2O given by M “ P*A{g, we obtained the following

equation for the initial H2O outgassing rate from the interior.

Rinit
H2O “

1
A

dN
dt
“

NA 1000
g mH2O

ˆ

dP
dt

˙

molecules m´2s´1, (251)

where dN is the number of H2O molecules outgassed in a time interval dt, NA is Avogadro’s number (6.022

ˆ1023), A is the area of the Earth surface (5.1ˆ1014 m2), mH2O is the molecular weight (18 g/mol), g “ 9.81

m/s2 is the surface gravity, and dp is the difference in outgassed pressure at a time interval dt taken from

coupled model result of Katyal et al. (2019) and Bower et al. (2019).
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Figure 38: Volatile chemical speciation in terms of outgassed mole fraction vs. oxygen fugacity of the
mantle. The x-axis indicates the oxygen fugacity range in logarithmic units relative to the IW buffer. For
reference (in log units), buffers QIF = IW-1, QFM = IW+3.8, and NiNiO = IW+4.2 approximately (Wood
et al., 1990). From top to bottom, we show the BOM, active MO phase, EOM and a steam-atmosphere phase
that are characterized by different initial H/C between hydrogen and carbon. The corresponding input values
of the initial volume mixing ratio of volatiles, surface pressures Ps , and temperatures Ts (Nikolaou et al.,
2019) for the speciation model are indicated at the top of each panel.

To obtain the outgassing rate of H2, we used Eq. (249) and Eq. (251). To account for the redox variation

of the mantle and the volatile mass balance, we assumed that the initial rate of H2O outgassing Rinit
H2O in

Eq. (251) is the total outgassing rate of combined (H2+H2O). Therefore, Rinit
H2O “ rH2 ` rH2O. Inserting

Eq. (249) here, we obtain the rate of H2 outgassing as

rH2 “
Rinit

H2O

1` R1
molecules m´2s´1. (252)

Convective lapse rate. The convection takes into account the heat transport by adiabatic expansion of a

mixture of a nonideal condensable gas H2O (because the critical point of water at Tc “ 647 K and pc “ 220
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bar is close to the T-p range considered in this study), denoted with subscript c, and ideal, noncondensable

gases (mixture of CO2, CO, and H2) denoted with the subscript d.

For a saturated water vapor atmosphere, the pressure exerted by the condensable is given by the Clausius-

Clapeyron equation,
dps

dT
“

LcpT q
RT 2 ps, (253)

where ps is the saturation vapor pressure and LcpT q is the latent heat of vaporization of the condensable,

that is, H2O in this case. Inserting this expression for d ln pc{d ln T into the formula given in Pierrehumbert

(2010) leads to the pseudoadiabatic slope as used in this study, which is given by (see also Ding and

Pierrehumbert, 2016)

d ln P
d ln T

“
ps

P
LcpT q
RcT

`
pd

P
cpd

Rd

1`
´

cpc

cpd
`

´

L
RcT ´ 1

¯

L
cpdT

¯

rsat

1` L
RdT rsat

, (254)

where cpd and cpc are the specific heat capacities of the noncondensable and condensable species, respec-

tively. rsat is the saturation mass mixing ratio, given as (Catling and Kasting, 2017)

rsat “ ε fsatpH2Oq “ ε
psat

P
. (255)

Here, ε is the ratio of mass of condensable and noncondensable species, P is the total pressure, and fsat is

the volume mixing ratio of condensable at saturation. Eq. (254) reduces to Eq. (A13) of Kasting (1988) at

rsat Ñ 0. In this case, the atmosphere is dry and the temperature profile is obtained by the dry adiabatic

lapse rate given by (from Eq. 254)
d ln pd

d ln T
“

cpdpT q
Rd

, (256)

where Rd is the gas constant for the noncondensable or the dry component of the mixture and is obtained by

Eq. (277) of Appendix 3.3.8. When more than one noncondensable species is present, the mean molecular

weight of the mixture of noncondensable is accounted for.

At temperatures that are high enough and for a condensable species reservoir much larger than the

atmospheric pressure exerted by the dry gases such that rsat " 1, P Ñ psat and pd{P Ñ 0, Eq. (254)

reduces to the Clausius-Clapeyron relation (Pierrehumbert, 2010), which is valid for an ideal gas equation.

The temperature dependence of the latent heat of vaporization LcpT q and saturation vapor pressure ps of

water cannot be neglected. For this, we used one of the most accurate formulations for calculating the

saturation vapor pressure of water known as the Tetens formula (Tetens, 1930). This formula provides a

very good approximation for the saturation vapor pressure of water with an error lower than „ 1% (Huang,

2018) in the temperature range 0-100 ˝C and is given as follows:
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pspT q “

$

’

’

&

’

’

%

pref
s exp

´

17.625T
T`238.3

¯

, if T ě 0

pref
s exp

´

21.875T
T`265.5

¯

, otherwise.
(257)

Here pre f
s “ 610.78 Pa is the reference water vapor pressure at the triple point, and T is given in ˝C and

equal to T - 273 for T in units of Kelvin.

Next the term cpc in Eq. (254) is the temperature-dependent specific heat capacity of water adapted from

Wagner and Pruß (2002) and applicable to high-temperatures conditions given by (also see Katyal et al.,

2019)
cpcpT q

Rc
“ 1` n3 `

8
ÿ

i“4

ni
pγiτq

2 expp´γiτq

r1´ expp´γiτqs2
, (258)

where τ “ Tc{T and Tc is the critical temperature (647 K). The values of the coefficients ni and γi are taken

from Table 6.1 of Wagner and Pruß (2002). The total heat capacity of the dry mixture cpd is calculated as

a linear combination of individual heat capacities of the noncondensable species weighted by their volume

mixing ratios. The total cp is thus the sum of specific heat capacity of moist and dry component, weighted

by the respective volume mixing ratios, and is given by

cppT q “

ř

i xdicpdipT q `
ř

i xvicpcipT q
ř

i xdi `
ř

i xci
, (259)

which is valid for temperatures in the range 200-2000 K. The denominator in this equation is equal to 1 for

our case. The specific heat capacity of dry gases such as CO2, CO, and H2 is derived from the Shomate

equation (Parks and Shomate, 1940) in units of kJ{kg K,

cp “ A` BT `CT 2 ` DT 3 ` E{T 2, (260)

where the coefficients A, B,C,D, and E are taken from Chase (1999) and T “ Temperature{1000 K for the

temperature range valid between 298-6000 K. For temperatures below 298 K, the specific heat capacities

of CO, CO2 , and H2 are taken from analytical expressions based on a least-squares fit of data from Lide

(2000). The specific heat capacity as a function of temperature in the range 200-3000 K for the four gases

we considered is shown in Fig. 39.

In order to obtain the temperature profiles, we followed the same procedure as in Katyal et al. (2019) ,

that is, for surface temperatures Ts ą 647 K, we used the dry adiabatic lapse rate (Eq. 256) by assuming a

fixed surface temperature and pressure at the bottom of the atmosphere (Eq. 250). The temperature profile

follows the moist adiabatic lapse rate (second term in Eq. 254) when the dry adiabatic lapse rate intersects
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Figure 39: Specific heat capacities as a function of temperature for volatile species H2O, CO, and CO2 on
the left x-axis and H2 on the right x-axis as obtained from the Shomate equation described in the main text.

with the moist adiabatic lapse rate. The related work of Katyal et al. (2019) calculated temperature profiles

with only one gas species, that is, H2O, in the atmosphere. We have additionally included CO2, CO,

and H2 calculated from the volatile speciation model described in Sect. 3.3.3. Our model accounts for the

convective processes in the atmosphere up to an altitude corresponding to the top of the atmosphere pressure

pToA “ 0.1 Pa (similar to Pluriel et al. (2019)). The atmospheric layers are vertically spaced in log pressure

coordinates. When the temperatures in the dry/moist adiabat fall below 200 K, the temperature structure in

our calculations follows an isothermal profile with a constant tropospheric temperature of 200 K.

Radiative transfer code. The generic atmospheric radiation line-by-line infrared code (GARLIC; Schreier

et al. (2014)) was used to compute thermal emission and transmission spectra from 10 to 30,000 cm´1 with

p,T and the composition of the atmosphere as the input. A detailed description of the radiative transfer code

is also available in Katyal et al. (2019). For the verification and validation of GARLIC, see Schreier et al.

(2018a,b). The absorption coefficients were calculated line-by-line (lbl) for H2O, CO2, H2, and CO from

the HITRAN2016 database (Gordon et al., 2017). Table 11 shows the list of various molecules and sources

for the continuum available and relevant for this study.
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Molecule Continuum

H2 – H2 Abel et al. (2011)
CO2 – CO2 Baranov (2018)

H2Oself MT CKD 2.5paq

H2Oforeign MT CKD 2.5paq

CO2 foreign MT CKD 2.5paq

Table 11: List of continua from the HITRAN CIA list paq; www.hitran.org/cia/ (Karman et al., 2019) and
http://rtweb.aer.com/continuum frame.html (Mlawer et al., 2012).

Table 12: List of measured reference Rayleigh cross sections σ0,i and central wavelengths λ0,i for the
molecules.

Molecule σ0,i [cm2] λ0,i [µm] Reference
CO2 12.4 ¨ 10´27 0.53224 Sneep and Ubachs (2005)
CO 6.19 ¨ 10´27 0.53224 Sneep and Ubachs (2005)
H2 1.17 ¨ 10´27 0.5145 Shardanand and Rao (1977)

Rayleigh scattering by molecule H2O was obtained using the formalism described in Murphy (1977)

(also see Scheucher et al., 2020). For other molecules such as CO2, CO, and H2, we have used the Rayleigh

cross sections using the formalisms of Sneep and Ubachs (2005) and Shardanand and Rao (1977) across

the whole spectrum in units of cm2/molecules expressed as

σRayleigh,ipλq “ σ0,i

ˆ

λ0,i

λ

˙α

. (261)

Here, α “ 4, σ0,i and λ0,i are the reference cross sections and wavelengths for the various molecules used

in this study that are listed in Table 12.

To mimic optically thick clouds in our simulations (Section 3.3.6), we assumed clouds were present

throughout the atmosphere (Kaltenegger and Traub, 2009) with the uppermost cloud deck coinciding with

the lowermost T “ 200 K altitude. The cloud-scattering cross section is expressed in a similar formalism

as Eq.(261), but with α “ 0. This therefore acts as a scaling term with no wavelength dependence. For

reference, the terrestrial aerosol-scattering cross section is about 10´27 cm2 (Moran et al., 2018). That

study (Moran et al., 2018) ruled out haze-scattering cross sections smaller than 9 ˆ10´25 cm2 to 3σ and 3

ˆ 10´23 cm2 to 1σ. Therefore we assumed a cloud cross section σcloud ” σ0i “ 6 ˆ 10´25 cm2 , that is,

6ˆ 102 times larger than the Earth-scattering cross section in our simulations as presented in Section 3.3.6.

The aerosol optical depth integrated along the path is then given by

τaerosol “ σaerosol ¨ Nz, (262)

where Nz is the column density of the molecular species in units of molecules cm´2 (see also Kaltenegger

and Traub, 2009; Yan et al., 2015).
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As a first step, we performed convective-radiative calculations without coupled chemistry similar to

previous modeling studies of the magma ocean period. For future work, we plan to include the effect of

chemical equilibrium in the lower atmospheric layers by applying the self-consistent convection-climate-

photochemistry column model (Scheucher et al., 2020; Wunderlich et al., 2020) to the magma ocean period

in order to study the effect upon transmission and thermal emission spectra and atmospheric escape, for

example.

Transmission spectra. The volatile chemical speciation model along with the atmospheric model de-

scribed in Sections 3.3.3-3.3.3 applicable to the early Earth magma ocean phase can be used to characterize

exoplanets in the magma ocean phase (see Figure 12 of Nikolaou et al., 2019), for instance, to detect

the spectral features and obtain the vertical extent of the atmosphere observationally. We used a well-

established diagnostic tool, transmission spectroscopy, to probe the molecular composition of exoplanetary

atmospheres. It provides the effective height of the atmosphere as a function of wavelength (see, e.g.,

Benneke and Seager, 2012).

In GARLIC, the theoretical transmission spectrum is expressed as the effective height of the atmosphere

given as follows (Kaltenegger and Traub, 2009; Schreier et al., 2018b; Katyal et al., 2019):

hpλq “
ż 8

0
Apz, λq dz “

ÿ

i

Aipλq ∆hi, (263)

where Ai “ 1´ Ti is the absorption along the ith incident ray with a transmission Ti that traverses through

the (exo)planetary atmosphere tangentially at a height hi and continues to travel to the observer at Earth.

The atmospheric transit depth, tatm is given by (Wunderlich et al., 2020)

tatmpλq “
pRp ` hpλqq2

R2
s

´
R2

p

R2
s
, (264)

where Rp is the planetary radius, and Rs is the stellar radius.

Atmospheric escape. For the atmospheric escape of H2, we considered hydrodynamic fluxes of escaping

H2, possibly diffusion-limited at the homopause „ 100 km, in the presence of a static background atmo-

sphere, similar to the approach of Kuramoto et al. (2013); Zahnle and Catling (2017) and Zahnle et al.

(2019).

At higher levels above the homopause, where the escaping H2 gas is accelerated as a result of the

absorption of stellar high-energy photons, hydrogen exists mainly in atomic form.

For the quantitative implementation of the escape fluxes, we relied on Zahnle et al. (2019), who solved

the hydrodynamic, possibly diffusion-limited, problem in the atmosphere. In particular, we used their Eq.
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3, which parameterizes the transition from energy-limited escape to diffusion-limited escape. Diffusion-

limited escape becomes effective when the atmosphere is more strongly irradiated and the escaping hydro-

gen cannot be replenished from below the homopause.

The diffusion-limited flux φdl generally provides an upper limit to the escape of lighter species such as

hydrogen in a background heavier and stationary gas. The escape rate for H2 can be written as (Hunten,

1973)

φdl “ ba j ftotpH2q

ˆ

1
Ha
´

1
HH2

˙

, (265)

where baj is the binary diffusion coefficient between the background heavier gas a such as CO2, CO and H2O

and the escaping gas H2. Here, ftotpH2q is the hydrogen volume mixing ratio (VMR) at the homopause. Ha

and HH2 represent the unperturbed scale heights (“ kT{mg) of the heavier gas a and the escaping gas H2 at

the homopause, respectively. We consider H2 as the dominant H-bearing species, that is, ftot ” f pH2q. The

binary diffusion coefficients ba j for H2 in CO and CO2 are roughly similar and taken to be 3ˆ1021 m´2 s´1

(Marrero and Mason, 1972). We validated the escape rate obtained for the current Earth using Eq. (265).

The total hydrogen VMR was taken to be ftotpH2q “ 7.15 ppm with the background-dominant gas as N2.

The diffusion coefficient between the H2 and N2, ba j of 1.7ˆ1021 m´2 s´1 was taken from Hunten (1973).

We verified that the diffusion-limited escape of H2 is„ 1.5ˆ1012 H2 molecules m´2 s´1 , as also reported

by Hunten and Donahue (1976). In terms of the loss of H-atoms to space, this is equivalent to a mass-loss

rate of „3 kg/s.

The energy-limited flux was obtained as the ratio of stellar XUV energy incident upon the planet and

the energy required to lift a given mass out of the Earth potential well and into the space. The mass-loss

rate of hydrogen using the energy-limited formula (Watson et al., 1981) for hydrodynamic escape (also see

Koskinen et al., 2014; Hamano et al., 2015) is given by

9Mel “
πεRpR2

XUVFXUVptq
GMp

g s´1, (266)

where RXUV is the radial distance at which the XUV energy from the star is deposited, and satisfies RXUV

ą Rp, and ε is the heating efficiency ă 1. Upon assuming RXUV ” Rp (Zhang, 2020), this equation can be

written as

9Mel “
πεR3

pFXUVptq

GMp
g s´1. (267)

Here, Rp is the Earth radius (6.4 ˆ 108 cm), M is the mass of Earth (5.4 ˆ 1027 gm), G is the gravitational

constant (6.67 ˆ 10´8 cm3 g´1s´2 ), FXUVptq is the time-evolving flux from the host star at XUV wave-

lengths at 1 AU obtained by the relation FXUVptq “ 5p4.5{tq1.24 in units of erg cm´2s´1, where t is the

age of the Sun in billion years (Zahnle et al., 2019), and ε is taken to be 0.5 to be consistent with Zahnle
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et al. (2019). Owing to the fast temporal evolution in the XUV output of the young Sun (related to whether

it was a fast, moderate, or slow rotator), the S value defined as S ptq ” FXUV{FXUVd can range between

10 and 100 during the Hadean (Tu et al., 2015; Lammer et al., 2018). The lifetime of H2 atmospheres on

early Earth is calculated as the ratio of mass-loss rate (Eq. 267) to the total mass of H2 in grams, mH2 , in

the atmosphere as

t „
„

G
επ



˜

Mp

R3
p

¸

mH2

FXUV
. (268)

Zahnle et al. (2019) have shown that the diffusion-limited escape applies to conditions of higher levels

of irradiation, whereas energy-limited escape may be a better approximation for lower levels of irradiation.

Building upon their findings, we assumed that the flux is given by the expression

φH2 “
1ˆ 1012 fH2S
?

1` 0.006S 2
molecules cm´2s´1, (269)

which is a good fit to their figure 5 if the VMR of H2 is lower than 0.2.

The hydrogen mass-loss dM (in grams) due to escape at a particular time step dt is approximated as

follows:

dM “ 4πR2
p φH2mH2 dt. (270)

Here, mH2 is the mass of H2 in grams per molecule, and φH2 is the escaping flux from Eq. (265) or Eq. (269).

The actual radius contribution in Eq. (267) and Eq. (270) comes from the sum of the radius of the planet

and height of the exobase, that is, (Rp+He). The height of the exobase, He , is given by the altitude level

where the Lyman-edge opacity of hydrogen becomes 1. For the scenario presented in Section 3.3.5, we

obtain that (Rp+Heq „ Rp (calculation not shown here).

3.3.4 Volatile outgassing scenarios

We used three main scenarios in this work. Scenario 1 is for a surface temperature of 3300K and surface

pressure of 76.7 bar, that is, at the beginning of the magma ocean (BOM) period, as shown in Figure 38

(top) and Table 13. Scenario 2 is similar to scenario 1, but for a surface temperature of 1650 K and pressure

of 395 bar, that is, at the end of the magma ocean (EOM) period, as shown in Figure 38 and Table 14. The

conditions where the MO phase ends are Ts “ 1650 K at a solidification timescale of „ 1 Myr according to

the coupled interior-atmospheric model results of Katyal et al. (2019) and Nikolaou et al. (2019). Previously,

a coupled atmospheric-interior model by Salvador et al. (2017), which was applied around the MO phase,

delivered P-T conditions with a similar H2O-CO2 composition as this study.

Scenario 3 is for representative cases taken from the study of Pluriel et al. (2019), as shown in Table 15

referring to an H2O dominated and a CO2 dominated atmosphere. Scenarios 1 and 2 cover a representative
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range of P, T, and mantle oxidation state during the MO period. The buffers in the three scenarios were

chosen to represent the mantle redox state, ranging from reducing to oxidizing.

Our choice of three scenarios (with varying initial volatile abundances of H2O and CO2) and varying

mantle fugacity, hence leading to different atmospheric compositions, is motivated by previous works in

the literature that also explored the effect of composition by varying key species such as H2, CO, CO2,

H2O for magma ocean studies (Katyal et al., 2019; Nikolaou et al., 2019; Bower et al., 2019), Venus-type

planets with CO2 dominated atmosphere (Hamano et al., 2013; Pluriel et al., 2019), pure steam-dominated

atmosphere (Katyal et al., 2019; Schaefer et al., 2016; Hamano et al., 2015), and the effect of adding H2 to

the atmosphere of early Mars (Ramirez et al., 2014).

Table 13: Scenario 1 (BOM) for the three cases (1.1, 1.2, and 1.3). Columns 2 and 3 show the initial
assumed mole fractions arising from H2O and CO2 outgassing, which is the input to the speciation model.
The assumed buffer values for strongly reducing (IW-4), reducing (IW), and highly oxidizing (IW+4) have
been used to study the effect of speciation under these conditions. The four columns on the right shows
final outgassed species from the speciation model. For these scenarios, the surface p, T setting is fixed to
be Ts “ 3300 K and Ps “ 76.7 bar. The pboA calculated from the new molecular weight of the atmosphere
is also shown. Scenario 1.1 with IW+4 case resembles the p,T during the BOM as obtained by Nikolaou
et al. (2019). The most dominant species in the atmosphere are marked in bold for each of the cases.

Scenario Initial outgassing Ps (bar) Buffer pboA (bar) Final outgassing
f init
H2O f init

CO2
fCO2 fH2O fH2 fCO

1.1 0.05 0.95 76.7 IW-4 48 0.0018 0.0007 0.049 0.94
IW 53.2 0.15 0.029 0.02 0.79

IW+4 75.3 0.90 0.049 0.000 0.046
1.2 0.75 0.25 76.7 IW-4 27.1 0.000 0.01 0.74 0.25

IW 51 0.040 0.44 0.30 0.20
IW+4 75.8 0.24 0.74 0.005 0.0122

1.3 1.0 0.00 76.7 IW-4 9.5 0.0 0.014 0.98 0.00
IW 49.1 0.00 0.60 0.40 0.00

IW+4 76.2 0.00 0.99 0.0069 0.00

Table 14: Same as Table 13, but for scenario 2 (EOM), investigating the effect of speciation under these
conditions. The surface p,T setting is fixed at Ts “ 1650 K and Ps “ 395 bar. Scenario 2.2 with IW+4
resembles the p,T at the EOM, as obtained by Nikolaou et al. (2019).

Scenario Initial outgassing Ps (bar) Buffer pboA (bar) Final outgassing
f init
H2O f init

CO2
fCO2 fH2O fH2 fCO

2.1 0.05 0.95 395 IW-4 247.5 0.003 0.0005 0.049 0.94
IW 283.7 0.22 0.025 0.025 0.72

IW+4 390.4 0.92 0.05 0.000 0.03
2.2 0.75 0.25 395 IW-4 139 0.0007 0.007 0.74 0.25

IW 248 0.058 0.37 0.37 0.19
IW+4 391 0.24 0.74 0.007 0.007

2.3 1.0 0.0 395 IW-4 47.3 0.00 0.009 0.99 0.00
IW 219 0.00 0.50 0.50 0.00

IW+4 391.5 0.00 0.99 0.0099 0.00
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Table 15: Scenarios showing the output from the volatile speciation model applied to scenario 3.1, H2O-
dominated atmosphere and scenario 3.2, CO2-dominated atmosphere at fixed Ts “ 1500 K for two different
surface pressures. The atmospheric pressure pboA shown above is recalculated based on the new molecular
weight of the outgassed species. The initial and final outgassed species are shown as mole fractions. The
most dominant species in the atmosphere are marked in bold in each case.

Scenario Initial outgassing Ps (bar) Buffer pboA (bar) Final outgassing Reference
f init
H2O f init

CO2
fCO2 fH2O fH2 fCO

3.1 0.66 0.33 300 None 300 0.33 0.66 - - Pluriel et al. (2019)
IW 191.8 0.083 0.311 0.35 0.24

IW+4 297 0.32 0.66 0.006 0.007
3.2 0.02 0.98 510 None 510 0.98 0.02 - - Pluriel et al. (2019)

IW 371.2 0.25 0.009 0.01 0.73
IW+4 504.7 0.95 0.019 0.0 0.023

3.3.5 Results

Temperature profiles. Figures 40 and 41 show the pressure-temperature (p-T) and altitude-temperature

(z-T) profiles obtained using the convection lapse-rate formulation as described in Section 3.3.3 for sce-

narios 1 and 2 as shown in Tables 13 and 14, respectively. In Figure 40 scenario 1.1 (95% initial CO2,

5% initial H2O, top left panel, p-T), the results suggest a dry adiabat in the lower unsaturated troposphere

that is related to the high surface temperature. The green curve (oxidized buffer case) adiabat is steeper in

this region than the blue and orange curves because it is CO2-dominated, leading to a low heat capacity

(Figure 39) and accordingly to a steeper calculated lapse rate (equation 256). This steep slope results in the

green curve that intersects the saturated vapor curve (dashed red line) at lower pressures than for the blue

and orange curves, which have lower CO2 but more CO and H2O (Table 14) owing to higher heat capacities

(Figure 39) and therefore shallower dry lapse rates (equation 256).

In Figure 40 for z-T (top right panel), the green curve features the lowest atmospheric height (geometric

thickness) due to its larger atmospheric molecular weight and therefore smaller scale height than the other,

lighter atmospheres shown by the orange and blue curves. Above the dry adiabat regime (e.g., above about

320 km for the orange line), the slope steepens corresponding to the wet adiabat as temperatures are low

enough to allow for condensation. In the uppermost atmosphere, a fixed iso-profile temperature (T “ 200

K) (e.g., occurring above about 380 km for the orange line) is imposed in our model for the radiative regime,

thereby following other studies (Lupu et al., 2014; Pluriel et al., 2019; Katyal et al., 2019).

In the middle and lower panels of Figure 40, the initial H2O (CO2) amounts are increased (decreased)

(see scenarios 1.2 and 1.3 in Table 13), which leads to light, hydrogen-dominated atmospheres for the

reduced buffer cases. Because H2 has a heat capacity between that of H2O and CO2 or CO (Figure 39), the

green slope in the middle and lower left panels is now closer to the blue and orange slopes compared with

the upper panel because the difference in heat capacities is now smaller.

In the middle and lower right panels, results suggest extended scale heights for highly reduced atmo-

spheres with dominant H2 (e.g., scenario 1.3, IW-4) because its molecular weight is lower than that of oxi-
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dized species such as H2O or CO2 in the atmospheres (e.g., scenario 1.1 and 1.2, IW+4) and subsequently

the change in altitude range of the figure is notable.
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Figure 40: Left: Pressure-temperature profiles for the BOM scenarios 1.1 (upper), 1.2 (middle), and 1.3
(lower panel) for three different buffers IW-4, IW, and IW+4. The dashed red line represents the saturation
water vapor curve. Pressures at the bottom of atmosphere values are taken from Table 13. Right: Altitude-
temperature profiles for scenarios 1.1 (upper), 1.2 (middle), and 1.3 (lower panel). We note the different
altitude ranges for the panels on the right.

Figure 41 illustrates the EOM scenarios (Table 14). Compared with the earlier BOM case (Figure 40)

with a surface temperature of 3300 K, the surface temperature for the EOM scenario has cooled to 1650 K

and the surface pressure has increased from 76.7 bar (BOM) to 395 bar (EOM). The cooler temperatures

generally favor the formation of chemical species with weaker bond dissociation energies, that is, H2 (4.52

eV) over H2O (5.1 eV) and CO2 (5.51 eV) over CO (11.1 eV) (where eV denotes electron Volt), which is

consistent with the changes produced by the chemical speciation model (compare Table 14 with Table 13).

Larger changes of up to a few dozen percent in the species mole fraction occur for scenario 2.2 compared

with scenario 1.2, in which the relative amount of C-H-O (0.75:0.25 for H2O:CO2) is the most similar.
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Figure 41: Same as Fig. 40, but for p, T conditions and scenarios as summarized in Table 14, representing
the EOM.

Figure 41 (EOM) shows modest changes in comparison to Figure 40 (BOM), which are associated with the

change in p,T and corresponding changes in speciation and heat capacity, hence in the slope of the adiabats.

The altitude decrease is mainly associated with the decrease in temperature.

Figures 40 and 41 show that (1) the transition between dry and moist adiabat (slope change) always

appears to be located on the saturation curve Psat and it effectively occurs at lower temperature than the

saturation temperature (for similar pressure); and (2) for fH2O ě 0.1 in the atmosphere, the moist adiabat

always coincides with the water vapor saturation curve Psat.

Figure 42 shows the temperature-pressure profiles obtained for scenarios 3.1 (upper panel) and 3.2

(lower panel) with H2O and CO2 dominated atmospheres of Table 15, respectively. In the case of scenario

3.1 with its initially H2O-dominated atmosphere (Fig. 42 upper panel), for the reducing buffer IW case,

the gradient of the dry adiabatic lapse rate is slightly reduced (orange line) due to chemical speciation of

H2 and CO as compared to the ”no speciation” case (blue line). However, for an oxidizing buffer IW+4
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Figure 42: Temperature profiles p-T for scenario 3.1 (upper panel) with an initially H2O-dominated atmo-
sphere and scenario 3.2 (lower panel) with an initially CO2-dominated atmosphere (Table 15). The molar
fraction of each species is shown in the legend. ”No speciation” indicates that the values were input directly
by the user and were not calculated by the C-O-H speciation model.
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(green line), the dry adiabatic lapse rate is similar to the case for ”no speciation” because the volume

mixing ratio of outgassed species is similar to the initial volatile outgassing. In Fig. 42, scenario 3.2 (lower

panel), the chemical speciation of the initially assumed CO2-dominated atmosphere (see Table 15), leads

to a CO-rich (IW buffer) and CO2-rich (IW+4 buffer) atmosphere. Thus, the moist adiabatic lapse rate

changes as compared to the upper panel results and shows a deviation from pure water vapor saturation

curve (dotted red line). This is because of a low water vapor volume mixing ratio fH2O “ 0.02 and a higher

CO2 volume mixing ratio fCO2 “ 0.98, leading to an unsaturated troposphere. Moreover, the vertical range

of the wet adiabat regime (scenario 3.2) is smaller than in scenario 3.1 (upper panel), and the radiative

regime (T “ 200 K isothermal profile) is evident at 40 Pa, for instance, for the green curve (lower panel)

but occurs near the top of the atmosphere, that is, around 0.1 Pa, for scenario 3.1. The differing behavior

in scenario 3.2 compared with scenario 3.1 arises mainly from the different chemical speciation (see panel

legends), which affects the heat capacity and therefore the adiabatic gradients.

Thermal spectral emission. Using the temperature profiles as obtained in Fig. 40, Fig. 41 and compo-

sition of various species for various scenarios of Table 13 and Table 14 as input to the line-by-line (lbl)

radiative transfer code GARLIC, we obtain the thermal spectral emission from the atmosphere, also known

as the outgoing longwave radiation (OLR). Figure 43 shows the thermal emission spectra of scenario 1.1

(upper), 1.2 (middle), and 1.3 (lower) panel of Table 13 for the BOM. The spectral features that arise due

to the presence of reduced species such as CO versus the oxidized species such as H2O and CO2 are easily

distinguishable in the three panels. In the top panel of Fig. 43 (scenario 1.1), a prominent CO absorption

feature is seen at 2.3 and 4.6 µm for the reduced buffer case IW-4 (blue curve), whereas distinct CO2 fea-

tures at 2.1, 4.3 and 15 µm are seen for the oxidized buffer case IW+4 (green curve). When the input H2O

outgassing value is increased (scenario 1.2), stronger H2O features start to appear (orange and blue curves)

along with the CO2 absorption features for the oxidized buffer (green curve). Finally, when the input H2O

outgassing is increased to 100% (scenario 1.3), we obtain thermal spectra that are dominated by water vapor

with distinct water features between 1 to 2.6 µm and at 6.2 µm for the oxidized case (green curve). The

reduced atmosphere with IW-4 buffer produces an almost pure H2 atmosphere with a similar spectrum as

H2O but with a higher emitted flux.

Figure 44 shows the thermal emission spectra of scenario 2.1 (upper), scenario 2.2 (middle), and sce-

nario 2.3 (lower) of Table 14 for the EOM. One notable difference between Fig. 43 and Fig. 44 is a sig-

nificant reduction in the emitted flux especially at the smaller wavelengths, which is mainly related to the

lower surface temperature (i.e., 1650 K) for the latter. The effect of pressure at the bottom of the atmo-

sphere on the thermal spectra is also seen and is discussed in detail in Section 3.3.5. The effect of the large

H2 continuum at 5-7 µm caused by self-collision of the H2 molecules could reveal molecular H2 as a main
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constituent of an atmosphere not known a priori.
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Figure 43: Comparison of thermal emission spectra for a reduced vs. an oxidized mantle during the BOM
presented for scenario 1.1 (upper panel), 1.2 (middle panel), and 1.3 (lower panel) of Table 13. The output
of the volatile speciation model is shown in the legend. Values written above the legend show the initial
input values to the speciation model. Reference blackbody curves for four different temperatures are plotted.
Absorption features of key chemical species are indicated. The spectra shown here have been binned to a
resolution of λ{∆λ “ 1000.

Figure 45 compares the thermal emission spectra for reduced atmospheres overlying a reducing buffer

(IW-4) for the various scenarios 2.1, 2.2, and 2.3 of Table 14. In this figure, the prominent absorption

features are seen for CO at 2.3 and 4.6 µm, while CO2 stands out at 2.1, 4.3, and 15 µm. A small amount

of CO2 is always present even for this very reducing buffer calculated by the mass-equilibrium method

(Sect. 3.3.3). However, the strength and width of CO2 absorption features are seen to decrease as the
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Figure 44: Same as Fig. 43, but for scenarios of Table 14. The blackbody curves for three different surface
temperatures bracketing the emission spectra are plotted for reference.

volume fraction of initial CO2 decreases from 0.95 to 0.0 (see the zoomed 15 µm feature in the right inset

of Fig. 45). Another notable feature is visible in scenario 2.3 with pure H2O (dissolved in the melt), which

results in a H2 -dominated atmosphere and displays a large continuum absorption in the 5-7 µm region

caused by collision-induced absorption.

Figure 46 is same as Fig. 45, but now for the oxidizing atmosphere cases (IW+4) for scenarios 2.1, 2.2,

and 2.3 of Table 14.

A reduction in the emitted flux is seen compared with the reduced atmosphere case (Fig. 45). This is

because of enhanced absorption by higher concentrations of greenhouse gases such as CO2 and H2O that are

present in the oxidized atmosphere. Thus, as the initial H2O volume mixing ratio (VMR) increases (from
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scenario 2.1 through 2.3), a further reduction in the emitted flux is obtained. The most prominent absorption

features are seen for CO2 at 2.1, 4.3, and 15 µm and H2O at 1.0, 1.2, 1.4, 1.9, and 2.6 µm, respectively.

As a result of the thick overlying steam atmosphere, the atmospheric window (8-10 µm) becomes op-

tically thick and the 6.2 µm H2O feature is not prominent (green curves in scenarios 2.2 and 2.3). The

inset of this figure shows the zoomed-in 4.3 µm CO2 feature. The CO feature at 4.6 µm is not seen here as

compared to the reduced case in Fig. 45. The inset on the far right shows a zoomed-in view of the 15 µm

CO2 absorption band as a function of CO2 VMR and indicates the change in band depths when the input

CO2 VMR is reduced from 0.95 to 0.25 (red to blue curve) and is then absent for the green curve with no

CO2. In summary, the main result is a diminishing of the CO band at 4.6 µm and the appearance of distinct

H2O bands from „ 1 - 2.6 µm. The H2O feature at 6.2 µm is less prominent because of the thick steam

atmosphere.
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Figure 45: Thermal spectral emission for a reducing atmosphere overlying a reduced mantle (IW-4) for
scenarios 2.1, 2.2, and 2.3 of Table 14. The legend shows the mole fraction of the outgassed species obtained
from the speciation model. Prominent features of absorbing species are seen at wavelengths marked in the
figure. Reference blackbody curves for three different surface temperatures are plotted. The insets show the
zoomed-in thermal spectra with the most prominent absorption features of CO2, CO and H2. The spectra
have been binned to a resolution of λ{∆λ “ 1000.

Dependence of OLR upon mantle fugacity. The thermal emission spectra were then averaged over the

entire wavelength range to obtain the outgoing longwave radiation (OLR) as shown in Figure 47 (right

panels). The variation in pressure at the bottom of atmosphere pboA (using Eq. 250) for three different

buffers is shown in Figure 47 (left panels). The details of the various cases for which we investigated the

effect of speciation on the pboA and subsequently on the OLR for the BOM and EOM are shown in Tables 17

and 18 of Appendix 3.3.8, respectively.

For the BOM (Fig. 47; top right panel) with Ts “ 3300 K, the highest OLR is obtained for the most

reduced atmosphere (blue curve; IW-4 buffer) because the absorption bands are weaker and the atmospheric
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Figure 46: Same as for Fig. 45, but for an oxidizing atmosphere overlying an oxidized mantle (IW+4).
Notable features are the emergence of prominent H2O features between 1 ´ 2 µm (scenario 2.3) and the
disappearance of CO feature at 4.6 µm as compared to Fig. 45 (scenario 2.1 and 2.2).

pressures (top left panel) are lower than the IW buffer (orange curve), wherein a mix of reduced and oxidized

species are present in the atmosphere (see Table 17) that contribute far more effectively to block radiation. It

is interesting to note that even for the most oxidizing atmosphere (green curve; IW+4 buffer), less radiation

is blocked by the atmosphere, which is mainly dominated by H2O , than for the IW buffer.

At lower temperatures (Fig. 47; bottom right panel) with Ts “ 1650 K (EOM), the emitted radiation is

far lower than in the high temperature case (Ts “ 3300 K) because for the latter, the radiation is emitted

in the infrared and visible wavelengths, which leads to a stronger outgoing longwave radiation (OLR).

Moreover, for the low temperature case (Ts “ 1650 K), the OLR reaches a limit of „280 W/m2 (Nakajima

et al., 1992; Goldblatt et al., 2013; Marcq et al., 2017) for water-dominated atmospheres (green curve;

IW+4 buffer) at „1800 K (also see Katyal et al., 2019). The calculated OLR does not drop below the

OLR limit because of the impeding effect of absorption of radiation by H2O even if present in moderate

quantities. This is an important result that suggests that for a specific surface temperature, atmospheres with

lower surface pressures („4-200 bar) can lead to strong outgoing emission of radiation and therefore to a

more effective cooling of the MO than for atmospheres with a high surface pressure (¿ 200 bar). Studying

the effect of pressure on OLR in this manner is analogous to the effect of a threshold temperature as shown

in Marcq et al. (2017). We also refer to Figure 10 of Nikolaou et al. (2019), where the OLR for pure steam

atmospheres is plotted as a function of surface temperature and surface pressures. According to their Figure

10 and Katyal et al. (2019), higher OLR values are obtained for atmospheres with lower surface pressure

(for a similar surface temperature). This means that the outgoing radiation for lower pressure cases may

reach the OLR limit, but at temperatures lower than „ 1800 K as previously reported (Kopparapu et al.,

2013; Katyal et al., 2019).
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Figure 47: Left: Pressure at the bottom of the atmosphere pboA for various cases referring to different
initial volatile abundances and three different mantle buffers: reduced (IW-4), IW, and oxidized (IW+4).
The details of speciation for various cases on the x-axis are shown in Table 17 (Ts “ 3300 K) and Table 18
(Ts “ 1650 K) in the Appendix 3.3.8. The horizontal dashed black line indicates the total surface pressure of
the initial outgassed volatile for the various cases. Right: Outgoing longwave radiation (OLR) for various
cases corresponding to the atmospheric surface pressure shown in the left panels and for three different
buffers.

In Figure 47, cases 1 and 2 are mainly dominated by CO2 and/or CO (see Tables 17 and 18), which

show only few absorption bands and thus display the strongest OLR. Cases 3 and 4, which are composed of

a mixture H2O+CO2+CO+H2 (see Tables 17 and 18), result in a minimum OLR where the spectra shows

absorption lines of almost all the species present. Cases 5 and 6 are dominated by absorption through

H2O and/or H2, which leads to a stronger OLR than the mixed-species cases 3 and 4, where absorption of

all species strongly reduces the OLR for the high-temperature cases. For the low-temperature cases (lower

right panel), the effect of the absorption by H2O dominates because the H2O band and continuum absorption

cover the entire infrared wavelength regime.

Early H2 atmosphere scenario. While hydrogen is prone to escape to space via strong incoming extreme

UV (EUV) during the Hadean (more details in Section 3.3.5), it is also an important gas in enhancing the
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greenhouse effect in the atmosphere. The efficiency of heating the atmosphere, however, depends upon the

surface partial pressure of hydrogen.

We explored a case similar to scenario 2.3 of Table 13 and shown previously in Figure 45 with a pure H2

atmosphere, but with a varying hydrogen surface pressure pH2 and a fixed surface temperature Ts “ 2800 K.

We obtained the thermal emission of radiation by varying the surface pressure pH2 in the range 0.6-185 bar,

as shown in Figure 52 (upper panel) of Appendix 3.3.8. We observe a large number of undulations around

2 µm in the obtained thermal spectra, especially at higher surface pressures. These undulations are caused

by the effects of collision-induced absorption (CIA) by H2.

The lower panel of Fig. 52 shows a decrease in the OLR with the (surface) partial pressure of H2

attributed to the higher absorption of radiation at higher pressures, as also shown in Fig. 47 (left panels).

We therefore conclude that several bars of H2 in the atmosphere could significantly affect the climate in the

cases studied, leading to additional greenhouse warming (also see Ramirez et al., 2014). A similar trend in

the OLR versus pH2 as shown here was suggested by Pierrehumbert and Gaidos (2011).

Transmission spectra. We obtained the transmission spectra for the BOM and the EOM using the lbl

radiative transfer code GARLIC and the temperature profiles (Sect. 3.3.5) and concentration as an input.

The resultant spectra are shown as the wavelength-dependent effective height of the atmosphere (see Eq. 263

in Figure 48). The spectra were binned to a resolution of R “ λ{∆λ “ 1000 over the wavelength range

shown.

As shown in Fig. 48, the effective height of the atmosphere increases to one order of magnitude for

the reduced atmospheres (IW-4) from scenarios 1.1 to 1.3 (and 2.1 to 2.3) for both BOM (left panel) and

EOM (right panel) scenarios. This is related to the increasing atmospheric scale height for the lighter H2

-dominated atmospheres. Similarly, for the oxidized atmospheres (IW+4), the effective height increases

from a dense and thick CO2 -dominated atmosphere (scenarios 1.1 and 2.1) to lighter H2O -dominated

atmospheres (scenarios 1.2, 1.3, 2.2, and 2.3). In the visible-optical range, the slope of the so-called

Rayleigh-scattering extinction feature is somewhat steeper for the reducing atmosphere (blue line) because

of the different scale heights. For scenarios 1.3 and 2.3, H2O absorption features are seen ubiquitously from

roughly 0.9 to 2.6 µm. For a high CO2 initial volatile outgassing (scenario 1.1 and 2.1), CO absorption

features are seen at 2.3, 4.6 µm for IW-4 buffer, and CO2 absorption features are seen as shown for 2.1, 4.3,

and 15 µm for the IW+4 buffer. For the EOM scenarios (right panels), the cooler surface temperature (1650

K) leads to a decrease in scale height (H “ kT{mg) compared with the BOM (left panels) scenarios with

higher surface temperature (3300 K).

A decrease in the depth of the absorption bands for CO (IW-4) and CO2 (IW+4) is seen at 4.3 and 15 µm,

respectively, which is related to a decrease in the input CO2 from scenarios 1.1 to 1.2 at Ts “ 1650 K (right
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Figure 48: Transmission spectra calculated by GARLIC shown as atmospheric effective height vs. wave-
length for the BOM scenarios (left panels) and EOM scenarios (right panels) for three different redox buffers
IW-4, IW, and IW+4. The mole fraction of final outgassed species in the atmosphere for various scenarios
is the same as provided in Tables 13 and 14. The effective height of a reduced atmosphere (with low molec-
ular weight) for the case of reduced mantle IW-4 (blue curve; scenarios 1.2, 1.3, 2.2, and 2.3) is lower than
an atmosphere with larger molecular weight (blue curve; scenarios 1.1 and 2.1) and oxidizing atmospheres
(green curve; all scenarios). For more details, see the text. The spectra have been binned to a resolution of
λ{∆λ “ 1000.
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panel). A similar trend is seen for scenarios at Ts “ 1650 K (right panel). For the oxidizing atmospheres

(IW+4) in scenarios 1.3 and 2.3, the most prominent H2O features between 1´ 2 µm are seen, but the 6.2

µm H2O feature is suppressed. This is likely related to the overlying optically thick atmosphere of H2O

(blanketing effect) with a very high surface pressure („ 395bar), wherein the radiation will be dominated

by the emission from the top of the atmosphere. This hinders chemical species in the lower atmosphere

from being detected in the upper regions sampled by transmission spectroscopy. It is therefore difficult to

probe dense atmospheres with high optical depths.

Atmospheric evolution and escape over the MO period. Table 16 shows the range of surface partial

pressure of H2 for a highly reduced (IW-4) and an oxidized mantle (IW+4) over a period of MO solidi-

fication „ 1 Myr. For the reducing-buffer case (IW-4), over the period of MO, the surface pressure of

atmospheric hydrogen increases from 2.3 to 102 bar, while for the oxidized case, it increases from 0.02 to

2.7 bar. To investigate the evolution of H2 along with other species in the atmosphere, we split the MO

period into ten time steps where the change in species abundance from scenario 1.1 (BOM) to scenario 2.2

(EOM) in Table 16 is set to change with a linear time step of 0.1 Myr (only shown for H2 in the table). The

resulting changes in species abundances across the MO can be attributed to outgassing and chemical speci-

ation. As a first step, the input data for the various scenarios were taken from Nikolaou et al. (2019); Katyal

et al. (2019), but in a future study, we plan to perform time-dependent, coupled interior-atmosphere evolu-

tionary scenarios over the magma ocean phase applying a newly developed climate-chemistry atmospheric

model (Scheucher et al., 2020; Wunderlich et al., 2020).

Table 16: Hydrogen abundance in the atmosphere from the beginning (scenario 1.1) to the end (scenario
2.2) of the magma ocean for a reduced (IW-4) and oxidized (IW-4) mantle.

Buffer t = 1 yr (scenario 1.1) t = 1 Myr (scenario 2.2)
pboA(bar) pH2 (bar) fH2 pboA(bar) pH2 (bar) fH2

IW-4 48 2.3 0.05 139 102.8 0.74
IW+4 75.3 0.02 0.0003 391 2.7 0.007

We now consider the evolution of atmospheric species over the MO period. The mole fraction f of

the resultant outgassed species i is translated into the mass fraction via wi “ fi Mi{M̄, where Mi is the

molecular weight of the species i and M̄ is the mean molar mass of the atmosphere. The atmospheric mass

of the individual species is obtained by multiplying the calculated mass fraction wi with the total mass of

the atmosphere M “ P*A{g.

Figure 49 shows the resulting atmospheric mass evolution of a reducing atmosphere lying above a

reduced mantle, that is, IW-4 (upper panel) and an oxidizing atmosphere lying above an oxidized mantle,

that is, IW+4 (lower panel) during the MO period. The circles show the mass of the H2 escaping via
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diffusion-limited escape according to Eq. (270) as described in Section 3.3.3, where the color of the circles

indicates the total mass-loss rate (g/s). The mass-loss rate obtained from energy-limited escape formalism

as in Eq. (267) is obtained to be 5.2ˆ 107 g{s for S “ 10 and 5.2ˆ 108 g{s for S “ 100. As described in

Sect. 3.3.3, (Rp`Heq „ Rp for this scenario (see Table 16). The mass loss of H2 (in grams) is then calculated

and shown as the yellow shaded region within these S ranges in Fig. 49 (both upper and lower panels). In

general, the atmospheric H2 mass loss (in grams) is seen to increase for both the escape processes because

the H2 abundance increases throughout the MO evolution timescale. The residual H2 in the atmosphere after

accounting for escape is seen to overlie the total H2 content of the atmosphere, implying that a significant

amount of H2 remains in the atmosphere. We also show a shaded region obtained from the parameterized

Eq.(269) of Zahnle et al. (2019), where the lower and upper boundaries of the shaded region indicate S “ 10

and S “ 100, respectively, and fH2 values are taken over the evolution timescale (see Table 16).

For the oxidized-mantle (IW+4) case (Fig. 49 lower panel), the H2 abundance is very low (see Ta-

ble 16), causing this to be the bottleneck for H2 to diffuse through heavy CO2 or H2O up to the homopause.

Moreover, the plentiful amount of XUV energy available here (with a high loss rate) can in fact lead to

the complete removal of hydrogen. For the oxidizing atmosphere lying above an oxidized mantle, that is,

IW+4, escape of H2 is therefore not energy limited but diffusion limited. Finally, we conclude that for

both the redox states of the mantle, the outgassing of H2 into the atmosphere dominates the escape of H2

(Kuramoto et al., 2013; Ramirez et al., 2014).

As an illustration, Figure 50 compares the escape rates for scenario 2.2 (EOM) calculated for H2 with

our estimated H2 outgassing rate obtained using Equation (251) as described in Section 3.3.3.

The outgassing rates obtained by us during the magma ocean period in the Hadean (3.8-4.0 Gyr before

present) for a variable redox state of the mantle are higher than in the Archean (2-4.0 Ga), that is, 9 ˆ

1014 molecules m´2s´1 (Tian et al., 2005; Kuramoto et al., 2013). First, one of our central results is

that outgassing (red solid line) proceeds faster than diffusion-limited escape (closed red circles) by a factor

of x10 and energy-limited escape depending upon the uncertainty in the XUV radiation as evident from

the S values displayed in the figure. Second, for an atmosphere with a high hydrogen abundance, that is,

VMR(H2) ą 0.2 (-4 ă IW ď 0.5), the energy-limited escape is more effective, whereas for an atmosphere

with lower hydrogen abundances, that is, VMRpH2q ă 0.2 p0.5 ă IW ă 4q, the diffusion-limited escape is

more effective, as shown in Fig. 50.

3.3.6 Discussion

We have studied the effect of the redox state of the mantle and volatile outgassing of major outgassed

species H2O and CO2 from the interior and their interaction with the melt resulting in outgassing of newer

species at the surface. The effect on the atmospheric profiles, thermal infrared emission, transmission, and
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Figure 49: Evolution/escape of atmospheric species in terms of the atmospheric mass (left axis) for the
duration of the magma ocean (x-axis) for a reduced mantle case (upper panel) and an oxidized mantle case
(lower panel). The colored solid lines refer to atmospheric masses integrated over the whole planet that
change due to outgassing and chemical speciation (see text). The dotted brown line shows the residual mass
of H2 in the atmosphere after accounting for outgassing and DL escape. The shaded region in cyan shows
the mass loss of H2 in the range for S “ 10 to S “ 100 (XUV relative to the modern value) using the Zahnle
et al. (2019) best-fit formalism (see text). The shaded region in yellow shows the energy-limited loss of H2
for the lower range S “ 10 to upper range S “ 100. The dotted blue horizontal line shows the hydrogen
content of one (modern) Earth ocean (MHO “ 1.6 ˆ 1023 g). The filled circles indicate the escaping mass
of H2 obtained using DL. The colors indicate the respective mass-loss rates (right axis).

escape of H2 is discussed below.
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Mantle redox and atmospheric temperature. Our study has suggested an interesting coupling between

interior outgassing, volatile speciation due to the mantle redox state, atmospheric composition, and atmo-

spheric temperature that affects atmospheric extent, mixing, and the location of the dry and moist adiabat.

During the BOM, more oxidized atmospheres switch from dry to wet adiabat at lower pressures (Fig. 40,

green lines) than reduced atmospheres due to differences in their mean molecular weight and heat capaci-

ties, which leads to a lower scale height. The pressure at which the moist adiabat is reached affects the onset

of saturation, thereby affecting the microphysical processes such as condensation and ultimately ocean for-

mation. Detailed microphysical processes are not included in our study and need further investigation with

more detailed models. On the other hand, the more reduced atmospheres have larger scale heights, and

the switch to the moist adiabat lies at higher altitudes (Fig. 40, blue curve). Precipitation initiated at high

altitudes has to sediment over a greater distance to rain out, which could favor evaporation in the lower,

warmer atmospheric layers, and which might therefore be less efficient at condensing to form the oceans.

For the EOM case (Figure 41), although the atmosphere cools (from 3300K to 1650K at the surface) and the

surface pressure increases by a factor of 5, the temperature structures for the EOM are similar to those for

the BOM (Figure 40). This is because the pressure increase (which increases atmospheric thickness) is off-

set by the cooling effect (which decreases atmospheric thickness). In summary, the above processes likely
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affected the evolution of climate on the early Earth by affecting key processes such as cooling to space and

greenhouse heating, but also the onset of condensation and accordingly, the formation of terrestrial ocean.

Thermal emission and transmission spectra. Our results suggest that the thermal emission of radiation

is affected by key parameters such as surface temperature, surface pressure, mantle redox state, and initial

volatile content of the two main species H2O and CO2 that are outgassed during the magma ocean phase.

The most prominent absorption features of oxidized versus reduced species in the atmosphere for the three

different mantle oxidation states IW-4, IW, and IW+4 are shown in Figs. 43 and 44. For the reducing mantle

cases, the volatile speciation model would result in a mixture of both oxidized and reduced species in the

atmosphere depending upon the initial volatile contents f init
H2O and f init

CO2
(see Tables 13, 14, 17, and 18). As

shown in Fig. 47 (right panels), the OLR for the most reduced atmosphere case overlying a reduced mantle

(IW-4) consists of H2, CO or CO+H2 (depending upon the case) and results in the highest OLR because

these molecules have only a few absorption bands. On the other hand, we obtain lower OLR for other

moderately reduced buffer, that is, IW, resulting in a mixed atmosphere of CO2+CO+H2+H2O with the

largest number of absorption bands covering the entire spectral range. Finally, the lowest OLR is obtained

for an oxidizing atmosphere overlying an oxidizing buffer (IW+4), resulting in CO2, H2O or H2O+CO2

atmospheres (depending upon the case).

As a result, a planet with a reduced mantle buffer (IW-4) and low water content (cases 1 and 2) is

expected to cool faster than a planet with a high water content in the atmosphere (cases 4, 5, and 6). For a

moderately reduced mantle buffer (IW), the planet will cool down slowly as the OLR is the lowest for it.

For a planet with an oxidized mantle buffer (IW+4), the cooling timescales will be slower than those of the

IW-4, but faster than the IW case.

The initial outgassed water content along with the surface temperature and the redox state of the mantle

are important factors driving planetary cooling. Figure 47 shows for lower temperature (Ts “ 1650 K) and

oxidized mantle (IW+4 buffer) that the OLR limit„280 W m´2 (Goldblatt et al., 2013; Marcq et al., 2017)

occurs only for H2O -rich atmospheres (cases 5 and 6). However, this is not the case for a high temperature

(Ts “ 3300 K) and an oxidized mantle (IW+4) because at such high temperatures, the emission occurs

in visible wavelengths along with infrared, and H2O is not able to block the radiation in the visible as

effectively as in infrared. Radiation is thus not able to reach the OLR limit.

Oxidized atmospheres containing heavier species such as CO2 result in a dense atmosphere with small

effective heights for transmission spectra (Fig. 48, scenarios 1.1 and 2.1) as compared to a reduced and

lighter atmosphere with H2, resulting in extended atmospheres with a large effective scale height, as shown

in scenarios 1.3 and 2.3 of Fig. 48. The slope of the Rayleigh-scattering feature in the ultraviolet and

visible wavelength range could provide information on the bulk atmospheric composition. However, when
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aerosols, thick hazes, or clouds are considered, this slope changes considerably because of the change in

the wavelength dependence of the scattering (see Eq. 262), which changes the atmospheric optical depth

and effective height of the atmosphere (also see Wunderlich et al., 2020).

Outgassing and escape: loss timescales. Our results suggest very different regimes in terms of out-

gassing of various species and escape of H2 depending on the mantle redox state during the MO period.

For the scenarios that consider the reducing and oxidizing state of the mantle, the outgassing rate of H2 is

greater than the escape rate, and there is enough interior outgassing of H2 to form an atmosphere. A similar

result was suggested by Ramirez et al. (2014) for early Earth and Mars.

Because the VMR of H2 is high (e.g., in a reducing atmosphere), the escape of H2 most likely occurs

by energy-driven, that is, energy-limited, escape. On the other hand, if less hydrogen is present (e.g., in

an oxidizing atmosphere), the diffusion of hydrogen through a heavy gas to reach the upper atmospheric

regions and escape is limited. Therefore, the atmosphere would probably enter a DL configuration. Thus,

depending upon the abundance of H2 in the atmosphere, our results suggest a switch from energy-limited

(EL) escape (high VMR) of H2 to DL escape (low VMR), thus complying with Zahnle et al. (2019).

For a reduced early atmosphere with 102 bar of H2 by the end of MO, we estimate the timescale of H2

atmosphere removal to be„10 Myr using both DL and EL (S “ 10) escape. On the other hand, because the

H2 mass-loss rate and the surface partial pressure of surface hydrogen are lower (2.7 bar) for an oxidized

atmosphere, the mass-loss timescale is estimated to be „16 Myr assuming DL escape. Similar mass-loss

timescales („106-107 yr) for surface pressures of 10 to 100 bar are obtained by hydrodynamic escape

modeling of Pahlevan et al. (2019). The results for total hydrogen mass-loss obtained via two different

parameterized escape models (this work) and hydrodynamic model (Pahlevan et al., 2019) are therefore

approximately similar. Moreover, as we showed in Fig. 49, the mass loss obtained using the energy-limited

(hydrodynamic) approach following Zahnle et al. (2019) (cyan shaded region) approximates the diffusion-

limited mass loss at higher levels of irradiation, S “ 100 (also see Lammer et al., 2018). Furthermore, it

is worth stating that several works (e.g., Lammer et al., 2011) have noted the potential importance of EUV

in driving energy-limited escape on early Earth and speculated that this quantity is not known to within a

factor 100 or more times the modern-day value depending upon whether the early Sun was a fast or slow

rotator.

Clouds. Clouds could be rather common features in extrasolar atmospheres, and they could have a po-

tentially strong effect upon the atmospheric spectra, climate, and photochemistry. Spectral features can

be significantly reduced depending upon the extent (layer location and thickness) and the microphysical

properties (size, shape, number density distribution, and refractive index) of the clouds occurring over a
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wavelength range that is sensitive to the cloud diameter, for example. The general effect of clouds upon

atmospheric spectra and retrieval by the James Webb Space Telescope (JWST) was discussed by Mai and

Line (2019) and Fauchez et al. (2019).

In magma ocean worlds, thick water cloud layers could form (see, e.g., Lebrun et al., 2013; Marcq et al.,

2017) as the outgassed steam atmospheres cool. These cloud layers could help prevent the loss of planetary

infrared radiation to space, and if thick water clouds were to extend over the region sampled by transmission

spectroscopy, for instance, they might significantly reduce the strength of the spectral features detected.

In Fig. 51 we show the atmospheric transit depth calculated using Eq. (264) for planet Earth orbiting

an M-type star (0.4 solar radii) in the top panel and a G-type star (bottom panel) for two different redox

states of the mantle, IW+4 and IW. A clear increase in transit depth is visible for the IW buffer with

50% H2O and 0.5% H2 because the molecular mass of the atmosphere is lower than in the pure H2O

case (IW+4 buffer). Results also suggest a substantial increase in the transit depth when observing via

an M-type star because its stellar radius is smaller, thus favoring the possibility of detecting atmospheric

species. We also compared the cloud-free scenarios with the cloudy simulations. With a cloud deck (see

Section 3.3.3), the spectral features are weakened (depending upon the cloud cross section), as shown in

Figure 51. The results of the comparison between cloud-free and cloudy scenarios (α “ 0 and enhanced

scattering cross section as compared to Rayleigh) agree well with Turbet et al. (2019). The transit depths in

the optically thick cloudy scenarios can be considered as maximum values (because thick clouds effectively

block shortwave radiation) compared with the smaller transit depths of the clear atmosphere cases without

clouds. A sensitivity study by Moran et al. (2018) that involved increasing the haze-scattering cross section

also suggested a weakening in spectral features when a global layer of Rayleigh-scattering haze was added

to the TRAPPIST-1 d, e, and f planets. A more involved sensitivity study including the geometry of the

cloud, such as its cross section (Kitzmann et al., 2011a,b), requires the use of detailed cloud microphysics

(Zsom et al., 2012) that is applicable for Earth-like exoplanets. We did not explore this here and aim to

investigate it in future related studies.

Application to exoplanets. Several hundred rocky exoplanets classified as super-Earths with mass rang-

ing between M “ 1 ´ 8ME and radius R “ 1 ´ 1.8RE are being discovered by various current space mis-

sions such as TESS2 and will be discovered by future missions such as PLATO3, JWST4, and CHEOPS5.

Atmospheric characterization of these planets via spectroscopic analysis can benefit greatly from interior

geochemical models that consider outgassing during the magma ocean phase (Bower et al., 2019) and vol-

canic outgassing after the magma ocean phase (Ortenzi et al., 2020). Ortenzi et al. (2020) showed that

2Transiting Exoplanet Survey Satellite
3PLAnetary Transits and Oscillations of stars
4James Webb Space Telescope
5CHaracterising ExOPlanets Satellite
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Figure 51: Atmospheric transit depth of a cloud-free planetary atmosphere around an M star (top) and G
star (bottom) at the EOM phase for an atmosphere simulated from IW+4 mantle buffer (red) and IW mantle
buffer (blue) is compared with the transit depth for cloudy scenarios (α “ 0 and enhanced cross-section as
compared to the Rayleigh scattering).

the redox state of the mantle affects the atmospheric thickness and overall evolution, thus constraining the

interior chemical state of rocky exoplanets. Puffy outgassed atmospheres for hot, molten Earth-like planets

often lead to an effect known as “radius inflation” that depends upon the initial volatile inventory of H2O

and CO2 (Bower et al., 2019) and on the irradiation that they receive from the star (Turbet et al., 2019).

Furthermore, as shown in Fig. 51, the redox state of the mantle and initial inventory of volatiles can

induce strong variations in the transit depths for planets orbiting G and M stars. This would translate into

changes in the planetary radius to be observed by missions such as TESS and PLATO (Rauer et al., 2014).

However, the detectability of molecular spectral features may be severely affected by the presence of clouds

(see e.g. Fauchez et al., 2019).

Kaltenegger et al. (2007) modeled the observable spectra of Earth-like planets about two billion years

ago to a present-day atmosphere. They reported a number of constraints, such as the resolution of the

telescopes for detecting the molecular species in the atmosphere. It is therefore important to characterize the

atmosphere of Earth through its geological history and that our study present useful insights on this. Recent

interior-atmosphere modeling studies have shown that pure steam-based atmospheres of highly irradiated

exoplanets orbiting M dwarfs such as GJ 1214 b (Schaefer et al., 2016) and LHS 3844 b are subject to strong

XUV of the star and could lose the outgassed atmosphere and become a bare rock (Kreidberg et al., 2019).

See also Kite and Barnett (2020) for a detailed study of atmospheric loss and subsequent revival relevant

138



3 APPLICATION OF THE CHEMICAL SPECIATION MODEL

for exoplanets. In all these models, the water is dissociated into hydrogen and oxygen, which escape to

space, and some remaining oxygen is dissolved into the magma ocean or remains in the atmosphere (e.g.,

Schaefer et al., 2016).

We have provided important testable predictions to inform future space missions such as the JWST,

Ariel6 (Tinetti et al., 2018; Edwards et al., 2019), LIFE7 (Quanz et al., 2019), and ELT8 (Maiolino et al.,

2013) that will characterize planetary atmospheres in terms of detecting species such as CO, CO2 , and H2O

in spectral observations of Earth-sized planets.

Planets in close-in orbits around cooler stars are favored targets in exoplanetary science because of their

improved contrast ratios, higher transit frequency, and increased geometric transit probability (Scalo et al.,

2007; Shields et al., 2016), for example. Furthermore, the detectability of atmospheric spectral signals

from MO exoplanets (Ito et al., 2015) and thick atmospheres with H2O and CO2 with a high sensitivity and

large spectral coverage of the JWST (NIRSpec, MIRI) instruments (Ducrot et al., 2020) would bring new

possibilities to constrain such atmospheres.

3.3.7 Conclusions

The main conclusions of this study are listed below.

1. The redox state of the mantle can affect not only atmospheric composition, but also the vertical

temperature structure and therefore the mixing and the hydrological cycle. These interior-atmospheric

couplings could be important for steam-condensation timescales and accordingly, for the formation

of the Earth oceans.

2. Reduced atmospheres emit thermal radiation more strongly, which leads to faster cooling than in

oxidized atmospheres because the latter feature strong absorbers such as H2O.

3. Reduced atmospheres (CO and H2) have much larger spectral features in transmission than oxidized

atmospheres (H2O and CO2) because the scale heights are larger.

4. Thick optical clouds and hazes can mute or weaken the spectral signatures of molecules in the trans-

mission spectra and enhance the transit depth because of the cloud cover. It therefore becomes diffi-

cult to probe cloudy atmospheres. On the other hand, clouds absorb much of the radiation and reduce

the outgoing longwave radiation by 1-2 orders of magnitude (Marcq et al., 2017), leading to longer

magma ocean cooling timescales.

6Atmospheric Remote-sensing Infrared Exoplanet Large Survey
7Large Interferometer for Exoplanets
8Extremely Large Telescope

139



3 APPLICATION OF THE CHEMICAL SPECIATION MODEL

5. The interplay between outgassing and escape suggests that outgassing of hydrogen proceeds faster

than the atmospheric escape of H2 and that enough outgassed hydrogen is available to form an atmo-

sphere over the magma ocean duration of „1 Myr. The timescale for total H2 mass loss, however, is

estimated to be within some dozen million years. Furthermore, a more sophisticated hydrodynamical

code to study the loss of H2 and the heavy atmospheric species H2O and CO2 is desirable and planned

for future studies.
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3.3.8 Appendix

Gas constant for a mixture. When a mixture of two gases a and b, with partial pressure pa and pb , exists

at the same volume V and temperature T , the mixture behaves like a perfect gas, and according to Dalton’s

law of partial pressures,

ppa ` pbqV “ pmaRa ` mbRbqT. (271)

Because the mixture behaves like a perfect gas, for m “ nM moles of a gas, the total pressure is given by

PV “ mRmixT, (272)

where Rmix is the gas constant for the mixture. From Eqs. (271) and (272), mRmix “ maRa `mbRb. Hence,

Rmix “
maRa ` mbRb

m
. (273)

In terms of the molar volume fraction,

Rmix “
naMaRa ` nbMbRb

ř

i niMi
. (274)

Because MR “ R̄, where R̄ is the universal gas constant (= 8.31415 J kg´1 K´1), this equation can be

written as

Rmix “
naR̄` nbR̄

naMa ` nbMb
. (275)
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For a single-component gas a, R “ R̄{Ma. For a two-component gas mixture, Eq.(275) can be written as

Rmix “ R̄
ˆ

na ` nb

µ

˙

, (276)

where µ “ naMa ` nbMb is the mean molecular weight of the mixture. For an ith-component mixture of

gases,

Rmix “ R̄
ˆ ř

ni
ř

niMi

˙

. (277)

Volatile speciation model output.
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Table 17: Cases for BOM used to produce Figure 47. Cases 1, 4, and 6 are similar to scenarios 1.1, 1.2,
and 1.3, respectively, which are also presented in Table 13. Columns 2 and 3 show the initial assumed mole
fractions arising from H2O and CO2 outgassing, which is the input to the speciation model. The assumed
buffer values for strongly reducing (IW-4), reducing (IW), and highly oxidizing (IW+4) have been used to
study the effect of speciation under these conditions. The four columns on the right show final outgassed
species from the speciation model. For these scenarios, the surface p, T setting is fixed to be Ts “ 3300 K
and Ps “ 76.7 bar. The pboA calculated from the new molecular weight of the atmosphere is also shown.
The most dominant species in the atmosphere are marked in bold for each of the cases.

Case Initial outgassing Ps (bar) Buffer pboA (bar) Final outgassing
f init
H2O f init

CO2
fCO2 fH2O fH2 fCO

1 0.05 0.95 76.7 IW-4 48 0.0018 0.0007 0.049 0.94
IW 53.2 0.15 0.029 0.02 0.79

IW+4 75.3 0.90 0.049 0.000 0.046
2 0.25 0.75 76.7 IW-4 44.14 0.0014 0.036 0.24 0.75

IW 52.83 0.12 0.15 0.10 0.62
IW+4 75.43 0.71 0.245 0.0016 0.036

3 0.5 0.5 76.7 IW-4 37.43 0.00 0.007 0.49 0.50
IW 52.12 0.08 0.30 0.20 0.42

IW+4 75.6 0.47 0.29 0.003 0.024
4 0.75 0.25 76.7 IW-4 27.1 0.000 0.01 0.74 0.25

IW 51 0.040 0.44 0.30 0.20
IW+4 75.8 0.24 0.74 0.005 0.0122

5 0.95 0.25 76.7 IW-4 14.0 0.0 0.013 0.94 0.0049
IW 49.6 0.008 0.56 0.38 0.042

IW+4 76.1 0.047 0.94 0.0063 0.002
6 1.0 0.00 76.7 IW-4 9.5 0.0 0.014 0.98 0.00

IW 49.1 0.00 0.60 0.40 0.00
IW+4 76.2 0.00 0.99 0.0069 0.00
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Table 18: Same as for Table 17, but for EOM cases used to produce Figure 47. Cases 1, 4, and 6 are similar
to scenarios 2.1, 2.2, and 2.3, respectively, which are also presented in Table 14. The surface p,T setting is
fixed at Ts “ 1650 K and Ps “ 395 bar.

Case Initial outgassing Ps (bar) Buffer pboA (bar) Final outgassing
f init
H2O

f init
CO2

fCO2 fH2O fH2 fCO

1 0.05 0.95 395 IW-4 247.5 0.003 0.0005 0.049 0.94
IW 283.7 0.22 0.025 0.025 0.72

IW+4 390.4 0.92 0.05 0.000 0.03
2 0.25 0.95 395 IW-4 227.2 0.002 0.002 0.25 0.74

IW 277.2 0.176 0.124 0.125 0.57
IW+4 390.6 0.72 0.24 0.002 0.023

3 0.5 0.5 395 IW-4 192.4 0.0015 0.005 0.49 0.49
IW 266 0.11 0.25 0.25 0.38

IW+4 390.7 0.48 0.49 0.005 0.0157
4 0.75 0.25 395 IW-4 139 0.0007 0.007 0.74 0.25

IW 248.9 0.058 0.37 0.37 0.19
+4 391 0.24 0.74 0.007 0.007

5 0.95 0.25 395 IW-4 70.66 0.00 0.009 0.94 0.05
IW 226.7 0.011 0.47 0.47 0.038

IW+4 391.3 0.048 0.94 0.0094 0.001
6 1.0 0.0 395 IW-4 47.3 0.00 0.009 0.99 0.00

IW 219 0.00 0.50 0.50 0.00
IW+4 391.5 0.00 0.99 0.0099 0.00

OLR of H2 atmospheres.
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Figure 52: Top: Thermal emission spectra for an H2-dominated atmosphere overlying a highly reduced
mantle (IW-4) for a varying surface partial pressure of hydrogen as shown in the legend. Bottom: OLR
plotted against pH2 for a fixed surface temperature of Ts “ 2800 K showing a decrease in OLR with increase
in H2 surface partial pressure.
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3.4 Additional publications

The following research papers were developed during the PhD period but they are not directly connected

to the main results of the thesis and to the application of the chemical speciation model. In Paredes-

Mariño et al. (2017) (section 3.4.1) we analysed the eruption explosivity due to magma mingling of Sete

Cidades Volcano (Azores, Portugal). Gaillard et al. (2021) (section 3.4.2) is a review paper on volcanic

outgassing and chemical speciation of rocky planets. In Rammelkamp et al. (2021) (section 3.4.3) we

analyse the spectrochemical response of handheld LIBS instrument on volcanic deposits on the island of

Vulcano (Italy).

3.4.1 Enhancement of eruption explosivity by heterogeneous bubble nucleation triggered by magma

mingling

Paredes-Mariño J., Dobson J.K., Ortenzi G., Kueppers U., Morgavi D., Petrelli M., Hess K.U., Laeger K.,

Porreca M., Pimental A. and Perugini D. ”Enhancement of eruption explosivity by heterogeneous bubble

nucleation triggered by magma mingling”. Scientific Reports 7: 16897, DOI:10.1038/s41598-017-17098-

3.

The research paper analyses how the magma mingling can be a factor for triggering high explosive erup-

tions producing heterogeneous bubble nucleation. Samples of trachytic pumices erupted by Sete Cidades

volcano (São Miguel Island, Azores) were analysed with X-ray micro tomography data acquisition, apply-

ing the fractal geometry theory and modelling the magma viscosity to investigate the magma fragmentation.

The results suggest that the explosive eruption was triggered by the injection of trachibasaltic magma into

a trachytic magma body. The low temperature of the trachytic body favoured the brittle fragmentation of

the trachibasaltic magma increasing the discontinuity where heterogeneous bubble nucleation occurs and

enhancing the explosivity of the eruption. My main contribution to the research is related to the analyses

performed for my master thesis conducted during an Erasmus exchange with the Ludwig Maximilians Uni-

versity of Munich. I have carried out 3D image analyses on the micro tomography collected on the pumices

samples. The fractal fragmentation theory was applied to explain the size distribution of the magmatic

enclaves in the trachytic pumices and to support the fragmentation of the trachibasaltic magma which most

likely increased the eruption explosivity.

3.4.2 The diversity of planetary ingassing/outgassing paths produced through billions of years of

magmatic activities

Gaillard F., Bouhifd M.A., Furi E., Malavergne V., Marrocchi Y., Noack L., Ortenzi G., Roskocz M. and

Vulpius S. The diversity of planetary ingassing/outgassing paths produced through billions of years of
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magmatic activities. Space Science Review. Accepted.

The manuscript is a review paper which describes the state of the art and the future direction of the

ingassing/outgassing of rocky planets. The paper is focused on the C-O-H-N-S system which covers the

majority of the volcanic volatile species. It gives an extended overview on the characteristics of the different

volatile phases and on the outgassing at different geodynamic context on the Earth. Furthermore, it focuses

on the crucial parameters that drive the outgassing on planetary rocky bodies for investigating the degassing

also for extraterrestrial bodies. My personal contribution was a description of the effect of the oxygen

fugacity on the gas chemical speciation for plate tectonics and stagnant lid planets. In the article are included

also two figures from Ortenzi et al. (2020) to display the influence of planet sizes on the global outgassing

of rocky planets and how the study of the different corresponding atmospheres can be an helpful tool for

investigating rocky exoplanet atmospheres.

3.4.3 Field investigation of volcanic deposits on Vulcano, Italy using a handheld laser-induced break-

down instrument

Rammelkamp K., Schroeder S., Ortenzi G., Pisello A., Stephan K., Baqué M., Huebers H.W., Forni O., Sohl

F., Thomson L., Unnithan V. ”Field investigation of volcanic deposits on Vulcano, Italy using a handheld

laser-induced breakdown instrument”. Spectrochimica acta part B: Atomic Spectroscopy. Volume 177

(March 2021) 106067. DOI https://doi.org/10.1016/j.sab.2021.106067.

The data for developing the paper were collected during the ”Fifth International Vulcano Summer

School” organised by the Jacobs University of Bremen and the Institute of Planetary Research of the DLR.

The study was conducted in the Vulcano island (Aeolian Islands, Italy) which represents a perfect analogue

of extreme environment. The main aim of the paper was to test a commercial handheld LIBS (Laser-induced

breakdown spectroscopy) instrument on the field in order to characterise the chemical composition of dif-

ferent lithologies. The laser-induced breakdown spectroscopy is an important investigative technique for

in-situ geological analyses and also for extraterrestrial robotic exploration. The data collected during the

campaign were tested with samples, collected in the field, of the same lithologies in the laboratory of the

DLR Berlin to compare the possible discrepancy due to the in situ measurements with laboratory analyses.

In the field campaign there were collected, on the same outcrops and lithologies, spectra also with Raman

and Infrared spectroscopy handheld instruments. Thus, the wider outlook of the research is to characterise

lithologies with different spectroscopic analyses to better analyse past and future data collected on the field

and on extraterrestrial bodies. My personal main contribution to the research was to characterise the geology

during the campaign and to identify the most interesting outcrops to test the handheld LIBS instruments.

Vulcano island is characterised by a wide variety of volcanic deposits ranging from ash fall deposits to lava

flows. The selection of the outcrops was central for collecting data and samples of different lithologies and
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minerals that are used for assessing the investigation techniques.
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4 Discussion and conclusion

The thesis was part of the C5 project within the TRR-170 ”Late Accretion onto Terrestrial Planets”. The

main goal was to characterise the global volcanic outgassing in different scenarios simulating the corre-

sponding atmospheres for the early Earth evolution and for rocky planets. Following the studies of French

(1966); Holloway (1981); Holland (1984); Fegley (2013); Gaillard and Scaillet (2014); Schaefer and Fegley

(2017), I have developed chemical speciation models (see section 2.6) to simulate the volcanic gas species

released into the atmospheres of rocky planets. I have investigated the outgassing process considering and

highlighting the multidisciplinary approach to investigate the outgassing process. The volatile chemical

speciation model can be considered as a tool that connects the interior of a planet to the relative outgassed

atmosphere showing how the mantle redox state and volatile content influence the volatile degassing. I have

simulated different chemical systems as the C-O-H and C-O-H-S considering ideal or real gas behaviour. It

was necessary to test different approaches for better simulating volcanic outgassing contexts characterised

by various thermodynamic conditions. For reproducing the gas chemical speciation at high pressure, I

have simulated the real gas behaviour whereas, I have simulated the ideal gas behaviour for analysing the

volcanic outgassing at surface with high temperature and low pressure. Almost 90% of the volcanic out-

gassed species are represented by the C-O-H system (Oppenheimer et al., 2014). Therefore, the first step

for analysing the volcanic species and the corresponding outgassed atmospheres for rocky planets was to

simulate the gas chemical speciation at the surface considering H2O, H2, CO2 and CO. I have included also

the methane was in some simulations but CH4 is stable only at low temperatures or high pressures and for

very reducing states (Ramirez et al., 2007; Wetzel et al., 2013). For these reasons, methane is considered

to be not directly outgassed from silicate melt but it is mostly associated to hydrothermal outgassing (Chio-

dini, 2009). The sulphur species represent another important group of volcanic volatiles. I developed a

numerical model that simulates the entire C-O-H-S system (e.g. H2O, H2, CO2, CO, CH4, H2S and SO2)

but the range of stability, in terms of temperature and pressure, was limited. The simulations are stable only

at low temperatures, approximately less than 1000 K. Most of the applications were performed with the

numerical model which reproduces the volatile chemical speciation of the C-O-H system assuming an ideal

gas behaviour and not considering the methane. This setup is the most stable for investigating the volcanic

outgassing at surface, for low pressure (e.g. less than 300 bar) and for the typical temperature interval of sil-

icate melt (ca. 1000 - 1500 K). The principal results of the application of the chemical speciation model are

collected in three research papers, namely Ortenzi et al. (2020); Katyal et al. (2020); Guimond et al. (2021).

The papers are the result of the collaboration with TRR-170 subprojects at the Freie Universitaet Berlin and

the extrasolar planets and atmospheres department at the DLR and other research institutions. The research

paper Ortenzi et al. (2020) (see section 3.1 for details) investigates the influences of the mantle redox states
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on the volcanic outgassing and on the chemical composition of the corresponding outgassed atmospheres for

rocky planets. In order to simulate the volatile transition from the interior to the atmosphere, the chemical

speciation model was coupled with a model that simulates the mantle convection and the volume of silicate

melt produced, with a model that simulates the atmospheric thickness. The simulations were performed

considering the contribution of the outgassing of silicate melts at surface for rocky planets of mass between

1 and 8 Earth masses. The main results is that the mantle redox state is the parameter which drives the

volatile composition and the atmospheric thickness of the outgassed atmospheres. In reducing conditions

the principal gas phases released are H2 and only moderated gases as CO and H2O. Whereas, in oxidising

conditions the dominant outgassed volatile phases are H2O and CO2. The volatile composition affects the

atmospheric thickness and the pressure at surface. In reducing scenarios the atmospheric thickness is larger

and the pressure is lower compared to the oxidising cases. The presented atmospheric simulations can be

compared with past and future observations of rocky exoplanet atmospheres. The aforementioned results

are part also of the accepted review paper about the planetary ingassing/outgassing (Gaillard et al., 2021),

where I participated as co-author. In Guimond et al. (2021) (see section 3.2 for details), we investigated

the volcanic outgassing and the related atmosphere during the early Earth evolution considering that plate

tectonics was not yet started. We coupled the chemical speciation model with a 2D numerical mantle con-

vective model for establishing the flux of volatiles. The results confirms that the mantle redox state was the

main factor that leads the volcanic outgassing at surface producing atmospheres rich in H2O and CO2 for the

oxidised scenarios and H2 rich with lower H2O, CO2 and CO for the reducing cases. Another application

of the speciation model was carried out in Katyal et al. (2020) (see section 3.3). Here, we investigated the

early Earth outgassing during the magma ocean period. We coupled an interior convective model with the

chemical speciation model for investigating the outgassed species. The results then where inserted in a line-

by-line radiative transfer model for determining the infrared emission and transmission of the planet. Even

in this case, the mantle oxygen fugacity drives the composition of the outgassed volatile species. The simu-

lated atmospheres present different characteristics in terms of atmospheric thickness and pressure at surface

and consequently various emitted/transmitted spectra. In reducing conditions, the estimated atmospheres

are rich in H2, thin and they emit more radiation to the space compared to oxidising states. The results

collected can be applied for investigating the interior/atmosphere interactions considering the detection of

exoplanets infrared spectra.

My research period at the DLR was also characterised by the completion of the research paper Paredes-

Mariño et al. (2017) (section 3.4.1). A significant portion of the results presented in the paper were collected

during the research carried out for my master thesis. I performed 3D image analyses applying the fractal

theory for investigating the basalt fragmentation on pumices samples from Sete Cidades (Azores, Portugal).

During the PhD, I have participated also in activities that gave the opportunity to evaluate directly on the
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field the volcanic outgassing such as the participation to the ”Etna International Summer School: science

meets practice” held in 2018. I visited the summit craters of the Etna Volcano together with experts of

the INGV (National Institute of Geophysics and Volcanology) and of other research institutions in order

to become familiar with some of the most common measuring techniques for investigating and sampling

the volcanic gases. I have participated to three consecutive editions of the ”Vulcano International Summer

School” held on the Vulcano Island (Aeolian Islands, Italy). Vulcano island was a perfect location for

combining planetary science, with some terrain analogues for Mars and Moon, and Earth Sciences. Some of

the most interesting results are collected in the research paper by Rammelkamp et al. (2021) (section 3.4.3).

Here, we described the test of an hand-held LIBS instrument for characterising the chemical composition

of different lithologies and the possible application for interpreting past and future data collected on space

missions.

In conclusion, the main focus of the thesis is about the developed volatile chemical speciation model and

of its wide utilization for analysing the volcanic outgassing in different contexts. The principal outcomes

and implications of the chemical speciation model are:

• Applications of the chemical speciation model. I have presented how the chemical speciation can

be applied for investigating the volatile outgassing in a wide range of scenarios including, magma

ocean or rocky planets with stagnant lid convective regime. The main novelties introduced with

the applications of the chemical speciation model are collected in the research papers developed

during the PhD (Section 3). The principal findings of the papers show that the redox state of the

mantle is a central parameter for investigating not only the outgassed atmosphere during the early

Earth evolution but also the atmospheric composition of exoplanets. The results highlight how the

chemical speciation model can be applied as a tool for exploring the entire volatile path considering

the volatile outgassing as the connection within the interior and the atmosphere of a planet.

• Versatility of the chemical speciation model. One of my principal goal was to develop a speci-

ation model for analysing several outgassing contexts and with a wide range of applications. The

volatile chemical speciation for the C-O-H system (Section 2.6 for details) simulates the silicate melt

degassing for the typical surface outgassing condition. It covers the entire pressure and temperature

range of silicate melts at surface (i.e. considering real gas behavior ă 300 bar and 800 ă Tempera-

ture ă 1500 K). In order to investigate the volcanic outgassing with a multidisciplinary approach, I

have designed the volatile chemical speciation model for being easily combined with other models.

Thus, I would to highlight that the chemical speciation model can be modified or adapted according

to the characteristics of the outgassing scenario. The model has been already coupled with different

solubility models (section 2.5) or with different parametrization for reproducing the redox state of the
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system. As reported in section 3, the chemical speciation model was coupled to different mantle con-

vective regime and atmospheric models for investigating the outgassing of magma ocean or stagnant

lid planets.

• Limitations of the chemical speciation model. In order to simulate the volcanic outgassing of

different volatile species, I have developed three versions of the volatile chemical speciation model.

The first one considers the ideal gas behaviour and I have designed it for investigating the C-O-H

system considering as outgassed species H2O, H2, CO2 and CO (see section 2.6 for details). This

version of the chemical speciation model is the most stable and flexible and for these reasons was

the one employed in most of the applications and in the research papers. It can be applied in a

wide range of pressure and temperature for simulating volcanic outgassing at surface but, it is not

designed for investigating outgassing at pressure higher than ca. 300 bar. In any case, considering

the typical volatile contents of silicate melts, the majority of volatiles are not outgassed for pressure

higher than 300 bar. The second variation of the chemical speciation model analyses the outgassing

of the C-O-H system considering a real gas behaviour and including methane as volatile species

(section 2.8 for details). Due to the presence of methane, this version can be applied for investigating

a limited range of temperature and oxidation state of the system. Methane is stable only at low

temperature and in very reducing conditions of the system or at very high pressure (Chiodini, 2009;

Wetzel et al., 2013; Ramirez et al., 2007; Zhang and Duan, 2009; Oppenheimer et al., 2014). CH4

is usually associated to hydrothermal outgassing and not to the active outgassing of silicate melts.

Thus, this model can simulate the volcanic outgassing only for temperature lower than ca. 1000

K. The last version reproduces the degassing of the C-O-H-S system. The latter speciation model

presents limitation due to the presence of methane and to the temperature range of the sulphur fugacity

(Section 2.9 for details). This version of the chemical speciation model is mostly limited to the range

of validity of the selected sulphur fugacity which is delimited by the interval 576 ă Temperature ă

1016 K.

• Outlook. The flexibility of the model gives a wide range of possible future applications and improve-

ments of the chemical speciation model. The chemical speciation model can be improved in several

aspects. Specifically, the principal directions for developing the model include a better characteriza-

tion of the outgassing considering high pressure and adding more volatile species (e.g. Halogens and

ammonia). Another future direction is the coupling of the volatile chemical speciation model with

atmospheric models that consider the kinetics of volatile reactions and the corresponding evolution

of the atmospheric composition. To give some examples of future developments, I describe more

in detail some possible improvements of the chemical speciation model. The range of pressure and
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temperature for applying the speciation model present some limitations. An extension of the pres-

sure window of investigation can provide to the volatile chemical speciation model a broader range

of application. It can be applied for analysing the passive volcanic outgassing or the outgassing at

surface of planets with an high atmospheric pressure. A wider validity range for the sulphur species

can provide simulations of volatile outgassing of the majority of volcanic gas phases. In Ortenzi et al.

(2020); Katyal et al. (2020) and Guimond et al. (2021) the atmospheric compositions were simulated

considering that the system was at the chemical equilibrium. A future development could be to take

into consideration the evolution of the atmospheric composition over time considering the interac-

tions and the stability of the volatile molecules in the atmosphere. Another interesting direction for

developing the chemical speciation model is to analyse the volcanic outgassing not only directly from

silicate melts but also considering the interactions in a hydrothermal context. In this case, the volcanic

outgassing analysis can be used also as a tool for astrobiology applications and for the investigation

of favorable conditions for the emergence of life.
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5 Appendix

5.1 List of figures

1 Representation of the volcanic outgassing of the C-O-H system not to scale. The left side of

the cartoon shows the direct outgassing at surface during the magma ocean period. During

the core mantle separation the magma ocean was likely in a more reduced state compared

to present days value of mantle oxygen fugacity. Thus, the magma ocean outgassing was

composed by reduced volatiles as H2, CO and CH4 at low temperatures. The right side of

the figure displays present days volcanic outgassing which is characterized by oxidised gas

phases as H2O and CO2. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 7

2 Schematic representation of the chemical speciation model employed to simulate the vol-

canic outgassing. The bottom red box describes the first phase of the simulation for calcu-

lating the composition of the outgassed volatile composition. The equilibrium between the

gas phases and the melt which is used to simulate the oxygen fugacity of the system. The

top light blue box includes the parameters which are used for simulating the equilibrium

between the gas phases and thus, the final outgassed composition. . . . . . . . . . . . . . 13

3 QFM, IW and QFI are three of the most commonly used mineral petrological buffers. The

three buffers are ordered according to the oxidation state. The oxidation level and Fe oxi-

dation number increase starting from the bottom (QFI) with Fe metal and Fe`2 to the top

buffer (QFM) with Fe`2 and Fe`3. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 22

4 The 3D plot shows the influence of pressure and temperature on the QIF mineral buffers.

The oxygen fugacity is affected by the temperature variation whereas pressure has a smaller

effect in the investigated pressure range. . . . . . . . . . . . . . . . . . . . . . . . . . . . 23

5 Solubility of H2O and CO2 in a basaltic melt. At low pressure both water and carbon

species are outgassed whereas, at increasing pressures water is more soluble than CO2.

This produces a different ratio between the outgassed volatile species. . . . . . . . . . . . 25

6 Outgassed H2O at different pressures of a silicate melt with three initial water contents. The

initial volatile contents are: 6 wt.% of water (green line), 3 wt.% of water (red line) and

1.5 wt.% of water (blue line). The silicate melt with the highest water content (green line)

outgasses at higher pressure compared to silicate melts with lower volatile contents (red and

blue lines). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 26
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7 Outgassed CO2 at different pressures of a silicate melt with three initial CO2 contents. The

initial volatile contents are: 1 wt.% of CO2 (green line), 0.5 wt.% of CO2 (red line) and

0.25 wt.% of CO2 (blue line). The silicate melt with the highest CO2 content (green line)

outgasses at higher pressure compared to silicate melts with lower volatile contents (red and

blue lines). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 26

8 Petrological mineral buffers as function of temperature (Holloway et al., 1992; Fegley, 2013). 29

9 Gas chemical speciation at oxidising (QFM and NiNiO buffers) and reducing states (IW

and QIF buffers). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 32

10 CO/CO2 and H2/H2O ratios at different redox states. . . . . . . . . . . . . . . . . . . . . . 33

11 Petrological mineral buffers as a function of temperature (NiNiO, QFM, IW, QIF) (Hol-

loway et al., 1992; Fegley, 2013) and maximum level of oxygen fugacity where the system

is stable (Huizenga, 2005). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 38

12 Volatile chemical speciation at different mineral redox buffers as a function of temperature.

The range of validity is up to 900 K for the IW buffer and up to 1000 K for the QIF buffer. 39

13 Gas chemical speciation of the C-O-H-S system simulated with the method described in

section 2.9 (French, 1966; Holloway, 1981; Huizenga, 2001). . . . . . . . . . . . . . . . . 47

14 Petrological mineral buffers (NiNiO, QFM, IW and QIF) and meteoritic compositions as

function of temperature (Holloway et al., 1992; Fegley, 2013; Schaefer and Fegley, 2017). 48

15 H2/H2O and CO/CO2 ratio calculated according to Schaefer and Fegley (2017) (left column)

and with the method described at section 2.6 (right column). . . . . . . . . . . . . . . . . 50

16 Composition of outgassed volatiles as a function of oxygen fugacity which is shown in log-

arithmic values relative to the Iron-Wuestite buffer, where the initial volatile composition

is 50 mol% for both H2O and CO2. The most oxidised case shown here (IW+4) reflects

a redox state similar to Earth’s upper mantle at present day temperature. Top: Outgassed

volatile composition without considering the mantle-melt composition (i.e. starting volatile

composition is considered in the melt). Middle: Weight percent of carbonates dissolved in

the melt as a function of oxygen fugacity at 2200 K and 10 GPa. Bottom: Outgassed volatile

composition considering the mantle-melt volatile partitioning and the volatile chemical spe-

ciation. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 57

17 Shaded area is the 1σ variation while lines represent the median of the modelled evolution

of atmospheric thickness bottom panel) and outgassed pressure (top panel) over 4.5 Gyr,

where subplots group simulations by planet mass. Black dashed lines represent reduced

mantles (IW buffer), while green solid lines represent oxidised cases (QMF buffer). . . . . 58
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18 Melt production over time (Gyr) for different planet sizes considering an Earth-like interior

structure and composition. With increasing planet size there is a delay in the production of

melt and no further magma generation for massive planets above 4ME . . . . . . . . . . . 59

19 Change of atmospheric thickness and outgassed partial pressures with planetary mass af-

ter 4.5 Gyr of simulated mantle convection. Individual panels compare reduced mantles

(IW buffer) with oxidised mantles (QFM buffer), and rows indicate different initial volatile

cases (i.e. dry, low, high) from table 5. The left column of the panel shows the mass-

dependence of modelled atmospheric thickness, comparing reduced mantles (black dashed

line) with oxidised mantles (green solid line). Shaded areas show the 1σ variation across

all simulations therein, while the lines denote the median. In the central and right column

we examine the partial pressures of H2O (purple swaths), H2 (green swaths), CO2 (orange

swaths), and CO (red swaths). Shaded areas show the 1σ variation across all simulations

therein, considering that for a given volatile and redox scenario, factors causing variation in

atmospheric thickness include bulk Mg/Fe/Si ratios and initial mantle temperature profiles

and heat sources. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 60

20 Evolution of an outgassed atmosphere’s total pressure for different scenarios, showing a

single case (mass = 1 MC, initial volatile concentrations XCO2 = 22 ppm, XH2O = 150 ppm,

Fe/Si = 0.5, Mg/Si = 1.0) as an example. The dashed blue line represents the atmospheric

evolution without considering solubility, hydrogen escape, or water condensation. The solid

green line shows the melt solubility effect on outgassing, but neither hydrogen escape nor

water condensation are simulated. The dotted line shows the case where hydrogen escape

and water condensation are simulated. . . . . . . . . . . . . . . . . . . . . . . . . . . . . 61

21 Scatter plot showing calculated atmospheric thicknesses versus planetary radii of all 7,650

scenarios which result in outgassing. Colours indicate mantle redox buffers (black is IW;

green is QFM.) The range of planet radii corresponding to the individual input planetary

masses are marked with horizontal lines. . . . . . . . . . . . . . . . . . . . . . . . . . . . 62

22 The variation of oxygen fugacity with melt temperature at different pressures for the IW

and QFM redox buffers. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 69

23 Magma chamber depth zones. 1) extrusive shallow volcanism, 2) intrusive crustal magma-

tism, 3) magmatic underplating, 4) chambers below the lithosphere. Rp: Planet radius, Rcr:

Crust radius and Rl: Lithosphere radius. Through the illustrated cracks (black), outgassing

from lower magma levels is becoming possible. In the analysed cases, we consider the

outgassing contribution from the magma at the surface. . . . . . . . . . . . . . . . . . . . 73
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24 Depth profiles of the gas speciation variation depending on redox state, pressure and tem-

perature for intrusive melt. We assume here a fixed volatile ratio of 50 mol% H2O and 50

mol% CO2 in the melt. Temperature and pressure values for cases 1) to 4) in Fig. 23 are

shown in the NiNiO panel. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 74

25 Solubility profiles for H2O and CO2 degassing depending on pressure for different volatile

contents in the melt calculated after Iacono-Marziano et al. (2012). . . . . . . . . . . . . 74

26 H2-to-H2O mole ratio for different temperatures and mineral redox buffers where QFM is

the oxidising case and IW the reducing scenario. H2-to-H2O mole ratio for the IW buffer

is described at 1 bar with the solid line and at 1 GPa (1 Gpa = 10000 bar) by the dashed

and dotted line. H2-to-H2O mole ratio for the QFM buffer is represented at 1 bar with the

dashed line and at 1 GPa by the dotted line. . . . . . . . . . . . . . . . . . . . . . . . . . 75

27 CO-to-CO2 mole ratio for different temperatures and mineral redox buffers where QFM is

the oxidising case and IW the reducing scenario. CO-to-CO2 mole ratio for the IW buffer is

described at 1 bar with the solid line and at 1 GPa (1 Gpa = 10000 bar) with the dashed and

dotted line. CO-to-CO2 mole ratio for the QFM buffer is represented at 1 bar by the dashed

line and at 1 GPa by the dotted line. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 76

28 The evolution of the extrusive volumetric melt production rate with density ρ “ 3000 kg m´3.

Cases are binned to 10-K increments in initial temperature at the base of the stagnant lid,

and averaged over other the input parameters (table 8). Lighter colours indicate hotter ini-

tial conditions; darker colours indicate cooler initial conditions. Overlain in solid grey lines

and corresponding to the secondary y-axis is the evolution of the mean temperature over the

whole mantle, for the same bins. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 87

29 The evolution of melt volatile contents for H2O (left; in weight percent) and CO2 (right;

in weight ppm). Cases are binned according to their values of the main input parameter

controlling melt partitioning: for H2O this is the initial mantle H2O content (equation (230)),

and for CO2 this is the mantle fO2 (equation 226)). Lines are coloured by bin and show the

median melt concentration per time step, given random values for the other input parameters. 88

30 The evolution of outgassing fluxes for CO2 (top left), CO (top right), H2O (bottom left),

and H2 (bottom right), binned to 0.5-log fO2 increments and averaged over the other input

parameters. Each log fO2 bin is coloured from red (reduced) to dark blue (oxidized). . . . . 89

31 Each simulation’s final cumulative outgassed masses of H2 (grey dots), H2O (blue dots), CO

(aubergine dots), and CO2 (coral dots), plotted as a function of mantle redox. Marker size

increases with higher cumulative melt volume. All 500 parameter combinations are shown. 91
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32 (Left): The matrix of Spearman’s rank correlation coefficients between input parameters

and outgassing fluxes averaged over the final 10 Myr, plus the summed flux of all outgassed

molecules for the same time frame. Symbols are defined in Table 8. (Right): The same,

but for key intermediate output variables—the volumetric melt production rate, rmelt, and

the melt concentrations of CO2 and H2O, χmelt
CO2

and χmelt
H2O

. Note that the moderate correlation

between χmelt
CO2

and H-species outgassing is due to the mutual effect of fO2 on both quantities,

while the correlation of fO2 with the total flux appears low because it does not affect the sum

of H2 and H2O. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 92

33 Histograms showing the empirical distribution of 700-Myr-cumulative outgassed masses

for CO2 (top), CO, H2O, and H2 (bottom). Distributions are “marginalized” across mantle

redox states, where each colour shows one of five fO2 ranges, as indicated by the y-axis

labels. Bold vertical lines indicate the medians; hatched regions mark the 68% confidence

interval. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 94

34 The modelled evolution of total outgassed pressure, compared between scenarios where

log( fO2) is fixed randomly between IW`0 and IW`2 (dashed grey lines; N “ 118), and

scenarios where fO2 linearly increases from IW´2 to IW`2 over 700 Myr (solid gradient

lines; N “ 50). The colour gradient indicates the instantaneous mantle redox. . . . . . . . 95

35 Summary of C outgassing fluxes with respect to (from left to right) mantle source CO2

content, melt production rate, melt CO2 content, and mantle oxidation state; note the log

scale in melt content. Time-dependent variables represent the mean of the final 10 Myr.

Each circle denotes an individual model run. Solid lines show the median of all runs. Solid

swaths show the 68% confidence interval, with CO flux in blue and CO2 flux in red. For

context, modern Earth estimates are also shown for CO2. The light blue rectangle spans

the estimate from Hauri et al. (2017) of total CO2 outgassing flux from the mid-ocean

ridge (MOR) system. The beige rectangle spans the same estimate from Dasgupta and

Hirschmann (2010) for hotspot volcanism. MOR mantle source concentrations are from

Hauri et al. (2017); depleted mantle (DM) concentrations are from Marty (2012); ocean

island basalt (OIB) mantle source concentrations are from Hauri et al. (2019); hotspot melt

production is from Mjelde et al. (2010); MOR melt production is from Cogné and Humler

(2006); mid-ocean ridge basalt (MORB) and OIB melt concentrations of CO2 are from

Hauri et al. (2019); MORB fO2 is from O’Neill et al. (2018), and OIB fO2 is from Amundsen

and Neumann (1992). fO2 relative to IW was converted from QFM roughly assuming 1 bar

and 1000 K. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 97
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36 Analogous to Figure 35, but for H species. Subplots show outgassing fluxes with respect

to (from left to right) mantle source H2O content, melt production rate, melt H2O content,

and mantle oxidation state; note the log scale in melt content. Time-dependent variables

represent the mean of the final 10 Myr. Each circle denotes an individual model run. Solid

lines show the median of all runs. Solid swaths show the 68% confidence interval, with

H2 flux in grey and H2O flux in blue. For context, modern Earth estimates are also shown

for H2O. The beige rectangle spans the estimate from Dasgupta and Hirschmann (2010)

for CO2 hotspot volcanism, multiplied by 7–8, the typical ratio of H2O to CO2 in volcanic

gas from Holland (1984). Depleted mantle (DM) concentrations are from (Marty, 2012);

Hawaii mantle source concentrations are from Wallace (1998); hotspot melt production

is from Mjelde et al. (2010); Hawaii melt concentrations are from Wallace and Anderson

(1998), and OIB fO2 is from Amundsen and Neumann (1992). fO2 relative to IW was

converted from QFM roughly assuming 1 bar and 1000 K. . . . . . . . . . . . . . . . . . 98

37 Schematic showing coupled interior-atmosphere exchange via outgassing of reduced species

such as H2 and CO (orange) for a reduced mantle (e.g., IW buffer) and oxidized species such

as H2O and CO2 (blue) for an oxidized mantle (e.g., QFM buffer) as the magma ocean so-

lidifies. The H2 in the atmosphere is lost to space via escape. . . . . . . . . . . . . . . . . 109

38 Volatile chemical speciation in terms of outgassed mole fraction vs. oxygen fugacity of the

mantle. The x-axis indicates the oxygen fugacity range in logarithmic units relative to the
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40 Left: Pressure-temperature profiles for the BOM scenarios 1.1 (upper), 1.2 (middle), and

1.3 (lower panel) for three different buffers IW-4, IW, and IW+4. The dashed red line
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chemical species are indicated. The spectra shown here have been binned to a resolution of

λ{∆λ “ 1000. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 124

44 Same as Fig. 43, but for scenarios of Table 14. The blackbody curves for three different

surface temperatures bracketing the emission spectra are plotted for reference. . . . . . . . 125

45 Thermal spectral emission for a reducing atmosphere overlying a reduced mantle (IW-4) for

scenarios 2.1, 2.2, and 2.3 of Table 14. The legend shows the mole fraction of the outgassed

species obtained from the speciation model. Prominent features of absorbing species are

seen at wavelengths marked in the figure. Reference blackbody curves for three different

surface temperatures are plotted. The insets show the zoomed-in thermal spectra with the

most prominent absorption features of CO2, CO and H2. The spectra have been binned to a

resolution of λ{∆λ “ 1000. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 126

46 Same as for Fig. 45, but for an oxidizing atmosphere overlying an oxidized mantle (IW+4).

Notable features are the emergence of prominent H2O features between 1´ 2 µm (scenario

2.3) and the disappearance of CO feature at 4.6 µm as compared to Fig. 45 (scenario 2.1

and 2.2). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 127

47 Left: Pressure at the bottom of the atmosphere pboA for various cases referring to differ-

ent initial volatile abundances and three different mantle buffers: reduced (IW-4), IW, and

oxidized (IW+4). The details of speciation for various cases on the x-axis are shown in

Table 17 (Ts “ 3300 K) and Table 18 (Ts “ 1650 K) in the Appendix 3.3.8. The horizontal

dashed black line indicates the total surface pressure of the initial outgassed volatile for the

various cases. Right: Outgoing longwave radiation (OLR) for various cases corresponding

to the atmospheric surface pressure shown in the left panels and for three different buffers. 128

160



48 Transmission spectra calculated by GARLIC shown as atmospheric effective height vs.

wavelength for the BOM scenarios (left panels) and EOM scenarios (right panels) for three

different redox buffers IW-4, IW, and IW+4. The mole fraction of final outgassed species in

the atmosphere for various scenarios is the same as provided in Tables 13 and 14. The ef-

fective height of a reduced atmosphere (with low molecular weight) for the case of reduced

mantle IW-4 (blue curve; scenarios 1.2, 1.3, 2.2, and 2.3) is lower than an atmosphere

with larger molecular weight (blue curve; scenarios 1.1 and 2.1) and oxidizing atmospheres

(green curve; all scenarios). For more details, see the text. The spectra have been binned to

a resolution of λ{∆λ “ 1000. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 130

49 Evolution/escape of atmospheric species in terms of the atmospheric mass (left axis) for

the duration of the magma ocean (x-axis) for a reduced mantle case (upper panel) and an

oxidized mantle case (lower panel). The colored solid lines refer to atmospheric masses

integrated over the whole planet that change due to outgassing and chemical speciation

(see text). The dotted brown line shows the residual mass of H2 in the atmosphere after

accounting for outgassing and DL escape. The shaded region in cyan shows the mass loss

of H2 in the range for S “ 10 to S “ 100 (XUV relative to the modern value) using the

Zahnle et al. (2019) best-fit formalism (see text). The shaded region in yellow shows the

energy-limited loss of H2 for the lower range S “ 10 to upper range S “ 100. The dotted

blue horizontal line shows the hydrogen content of one (modern) Earth ocean (MHO “

1.6 ˆ 1023 g). The filled circles indicate the escaping mass of H2 obtained using DL. The

colors indicate the respective mass-loss rates (right axis). . . . . . . . . . . . . . . . . . . 133

50 Hydrogen escape and outgassing rates as a function of redox state of the mantle for scenario

2.2 (EOM). The solid red line shows the H2 outgassing rate at the end of magma ocean. The

closed red circles show the diffusion-limited escape of H2 for the EOM. The shaded region

in yellow shows the loss rate due to energy-limited escape within the range S=10 (lower

boundary) to S=100 (upper boundary) i.e. XUV relative to the modern value. The vertical

dotted line marks the region separating a high H2 VMR to low H2 VMR and illustrates

the most efficient escape process occurring. The present Earth H2 degassing rate with an

uncertainty range (Ramirez et al., 2014) is marked for reference. . . . . . . . . . . . . . . 134

51 Atmospheric transit depth of a cloud-free planetary atmosphere around an M star (top) and

G star (bottom) at the EOM phase for an atmosphere simulated from IW+4 mantle buffer

(red) and IW mantle buffer (blue) is compared with the transit depth for cloudy scenarios

(α “ 0 and enhanced cross-section as compared to the Rayleigh scattering). . . . . . . . . 138
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52 Top: Thermal emission spectra for an H2-dominated atmosphere overlying a highly reduced

mantle (IW-4) for a varying surface partial pressure of hydrogen as shown in the legend.

Bottom: OLR plotted against pH2 for a fixed surface temperature of Ts “ 2800 K showing a

decrease in OLR with increase in H2 surface partial pressure. . . . . . . . . . . . . . . . . 144
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5.2 List of tables

1 Standard Gibbs Energy of formation. Parameters A, B and C are collected from Fegley

(2013) . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 21

2 The parameters are collected from Holloway et al. (1992) for: QIF from O’Neill (1987b),

IW from O’Neill (1988) and NiNiO O’Neill (1987a). For QFM the parameters are from

Fegley (2013). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 23

3 Tc is the critical temperature in K, Pc the critical pressure, Vc is critical volume (in cm3/mol)

and Vm the molar volume used in the model . Tc, Pc, Vc are from Fegley (2013). Vm of H2O

and CO2 are from Dixon et al. (1995) and all the others Vm are from Fegley (2013). . . . . 36

4 CI and CV are carbonaceous chondrites, H is a ordinary chondrite, EH is an enstatite chon-

drite and one achondrite the Eucrite. The parameters are taken from Schaefer and Fegley

(2017). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 48

5 Initially delivered volatile concentrations in the magma ocean (weight percent) and resulting

volatile fractions stored in the mantle after the magma ocean solidification, based on differ-

ent initial delivery scenarios from Elkins-Tanton (2008). The CO2 is stored as graphite in

the mantle. a We consider here a small water fraction instead of the dry case investigated in

Elkins-Tanton (2008). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 56

6 Standard Gibbs free energies of formation used in this work are calculated via the gas reac-

tions from Fegley (2013), valid for 1 bar pressure and the temperature (T ) range 298–2500

K. Carbon is considered to exist in the form of graphite in our analysis. . . . . . . . . . . 70

7 Thermodynamic parameters for basaltic melt. . . . . . . . . . . . . . . . . . . . . . . . . 83

8 Free input parameters tested in this model. Values are drawn randomly from a uniform

distribution given by the minimum and maximum values in the “Range” column. . . . . . 84

9 Outgassed partial pressures in bar, masses in kg, and mean mole fluxes in mol yr´1, split

over mantle redox and initial mantle thermal state (cool: 1750–1925 K; warm: 1925–2100

K). Results are shown as the medians, with 1-σ deviations super- and subscripted. The

first 100 Myr of outgassing is not included in the mean flux due to the initial transience

explained in the text. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 90

10 Data collected from Holloway et al. (1992) to obtain the oxygen fugacity of the mantle

buffers as listed. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 107
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11 List of continua from the HITRAN CIA list paq; www.hitran.org/cia/ (Karman et al., 2019)

and http://rtweb.aer.com/continuum frame.html (Mlawer et al., 2012). . . . . . . . . . . . 114

12 List of measured reference Rayleigh cross sections σ0,i and central wavelengths λ0,i for the

molecules. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 114

13 Scenario 1 (BOM) for the three cases (1.1, 1.2, and 1.3). Columns 2 and 3 show the initial

assumed mole fractions arising from H2O and CO2 outgassing, which is the input to the

speciation model. The assumed buffer values for strongly reducing (IW-4), reducing (IW),

and highly oxidizing (IW+4) have been used to study the effect of speciation under these

conditions. The four columns on the right shows final outgassed species from the speciation

model. For these scenarios, the surface p, T setting is fixed to be Ts “ 3300 K and Ps “ 76.7

bar. The pboA calculated from the new molecular weight of the atmosphere is also shown.

Scenario 1.1 with IW+4 case resembles the p,T during the BOM as obtained by Nikolaou

et al. (2019). The most dominant species in the atmosphere are marked in bold for each of

the cases. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 118

14 Same as Table 13, but for scenario 2 (EOM), investigating the effect of speciation under

these conditions. The surface p,T setting is fixed at Ts “ 1650 K and Ps “ 395 bar.

Scenario 2.2 with IW+4 resembles the p,T at the EOM, as obtained by Nikolaou et al. (2019).118

15 Scenarios showing the output from the volatile speciation model applied to scenario 3.1,

H2O-dominated atmosphere and scenario 3.2, CO2-dominated atmosphere at fixed Ts “

1500 K for two different surface pressures. The atmospheric pressure pboA shown above

is recalculated based on the new molecular weight of the outgassed species. The initial

and final outgassed species are shown as mole fractions. The most dominant species in the

atmosphere are marked in bold in each case. . . . . . . . . . . . . . . . . . . . . . . . . . 119

16 Hydrogen abundance in the atmosphere from the beginning (scenario 1.1) to the end (sce-

nario 2.2) of the magma ocean for a reduced (IW-4) and oxidized (IW-4) mantle. . . . . . 131
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17 Cases for BOM used to produce Figure 47. Cases 1, 4, and 6 are similar to scenarios 1.1,

1.2, and 1.3, respectively, which are also presented in Table 13. Columns 2 and 3 show the

initial assumed mole fractions arising from H2O and CO2 outgassing, which is the input to

the speciation model. The assumed buffer values for strongly reducing (IW-4), reducing

(IW), and highly oxidizing (IW+4) have been used to study the effect of speciation under

these conditions. The four columns on the right show final outgassed species from the

speciation model. For these scenarios, the surface p, T setting is fixed to be Ts “ 3300 K

and Ps “ 76.7 bar. The pboA calculated from the new molecular weight of the atmosphere

is also shown. The most dominant species in the atmosphere are marked in bold for each of

the cases. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 142

18 Same as for Table 17, but for EOM cases used to produce Figure 47. Cases 1, 4, and 6 are

similar to scenarios 2.1, 2.2, and 2.3, respectively, which are also presented in Table 14.

The surface p,T setting is fixed at Ts “ 1650 K and Ps “ 395 bar. . . . . . . . . . . . . . 143
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