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PHYSICAL AND BIOLOGICAL FORCINGS ON THE CARBONATE 

CHEMISTRY IN THE NORTH ATLANTIC OCEAN  

by Cynthia Dumousseaud 

The atmospheric concentration of CO2 has risen considerably since the industrial 

revolution, and the subsequent uptake of atmospheric CO2 by the oceans has affected 

the carbonate system and caused a reduction in the pH of the oceans. Model 

estimates involving future CO2 emission scenarios have predicted a significant 

increase of oceanic Dissolved Inorganic Carbon concentrations by the end of the 

century, corresponding to a decrease in oceanic pH by up to 0.4. In order to observe 

and predict changes in primary productivity and community structure in the oceans 

associated with future climate change, precise measurements of all the carbonate 

system parameters are important. The natural processes affecting the seasonal and 

regional variations of the carbonate chemistry are still poorly understood and 

sustained monitoring programs are required in order to determine the importance of 

hydrographical and biogeochemical forcings. The relationships between physical and 

biological parameters and carbonate system parameters were investigated in several 

regions of the North Atlantic Ocean, allowing a better understanding of the natural 

processes affecting the carbonate system in this ocean basin. For this purpose, the 

seasonal and inter-annual variability of the carbonate system in the Northeast 

Atlantic Ocean was studied through a ship of opportunity program, allowing 

observations of the short-term processes affecting the carbonate system and air-sea 

CO2 fluxes. The results showed contrasting effects of winter mixing and sea surface 

temperature on the carbonate system and the air-sea CO2 fluxes. In addition, the 

distributions of the carbonate system parameters were determined in the Iceland 

Basin and in the sub-tropical Northeast Atlantic Ocean. The carbonate system in the 

Iceland Basin was characterized by mesoscale variability associated to the presence 

and development of an eddy dipole in the study region; while the sub-tropical 

Northeast Atlantic Ocean showed spatial variability in all the chemical parameters, 

associated with coastal upwelling and remineralization in an oxygen minimum zone. 

Although the physics appeared to be the main forcing on the carbonate system in this 

study, the role of biology in the seasonality of the carbonate system is highly 

important. However, physical forcings tend to set the level for biological drawdown 

and therefore highly contribute to the variability of the carbonate system and CO2 

fluxes.  
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1.1. The global carbon cycle and the oceanic CO2 pump 

Since the industrial revolution, the atmospheric concentration of CO2 has increased 

from 280 ppm in the late 1700s to almost 390 ppm in 2009 (Hofmann et al. 2009), 

reaching levels significantly higher than determined for the past 650,000 years (IPCC 

2007). This increase was associated with anthropogenic activities including fossil 

fuel combustion and deforestation (Royal Society 2009 and 2005; Falkowski et al. 

2000).  

Different emission scenarios have predicted a further increase leading to 

concentrations of over 800 ppm by the end of this century, corresponding to a global 

temperature increase of between 2 to 4 °C (Royal Society 2009; IPCC 2007; IPCC 

2001). Although the uncertainties associated with these estimates are significant 

(Watson 2008), the consequent risks of high atmospheric CO2 concentrations are 

known and the expected changes will have considerable impact on the oceans, with 

sea level rise and ocean acidification (IPCC 2007; Royal Society 2005; Caldeira and 

Wicket 2003; Wolf-Gladrow et al. 1999). The process of ocean acidification is 

associated with the chemical changes occurring due to the enhanced CO2 content in 

the oceans. While some of the effects of high atmospheric CO2 concentrations are 

already noticeable, others are more uncertain and will require detailed research 

efforts.  

The global carbon cycle is regulated by carbon exchange between the atmosphere, 

the land, and the oceans (Sarmiento and Gruber 2002). More particularly, the land 

and the oceans, two major reservoirs of carbon (Sarmiento and Gruber 2002), play a 

significant role in regulation of the atmospheric CO2 concentrations through net 

uptake of anthropogenic CO2. The oceanic carbon pool is by far the largest, and is 

estimated to be about 38000 PgC (~93%). It is followed by the terrestrial carbon pool 

(2300 PgC, ~5.6%), and the atmospheric carbon pool (590 PgC, ~1.4%) (Sarmiento 

and Gruber 2006; Sarmiento and Gruber 2002).  

The amount of anthropogenic CO2 accumulated in the oceans can be estimated 

(Gruber et al. 1996; Sabine et al. 2004; Touratier and Goyet 2004a and b; Touratier 

et al. 2007; Goyet et al. 2009). This allows a better estimate of past and future 

changes in the global carbon cycle and anthropogenic CO2 uptake. The principal 
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methods currently used to calculate anthropogenic CO2 are the TrOCA method 

(tracer combining oxygen, dissolved inorganic carbon and total alkalinity; Touratier 

and Goyet 2004a and b); and the ΔC* method, which uses a carbon tracer to separate 

anthropogenic CO2 from the measured DIC concentrations (Gruber et al. 1996). 

In the period since the industrial revolution until 1994, the oceans have absorbed 

almost half of the anthropogenic CO2 emitted to the atmosphere, corresponding to a 

global oceanic sink of 118 ± 19 Pg C (Sabine et al. 2004). An annual mean oceanic 

CO2 uptake of 1.6 ± 0.9 Pg C yr
-1

, estimated from surface oceanic pCO2 

measurements obtained between 1970 and 2007 (Takahashi et al. 2009), represents a 

large portion of the CO2 emitted to the atmosphere as a result of fossil fuel burning. 

This value is in agreement with other recent estimates of 1.4 ± 0.7 Pg C yr
-1 

and 1.7 ± 

0.4 Pg C yr
-1

 for the period 1995 to 2000, obtained both from observations and 

general circulation models (Gruber et al. 2009). The fossil fuel CO2 emissions were 

estimated as 7.2 Pg C yr
-1

 for the period 2000-2005 (IPCC 2007); as opposed to 5.4 ± 

0.3 Pg C yr
-1

 in the 1980s (Sarmiento and Gruber 2002).  

This rapid increase in the annual anthropogenic CO2 emissions hence shows the need 

to reduce our current emissions. Without the oceanic CO2 uptake, the actual 

atmospheric concentration would be close to 450 ppm (Doney et al. 2009a). The 

oceanic carbon cycle is governed by biological and physical processes, described 

respectively as the biological pump and the solubility pump, which together control 

the oceanic CO2 uptake (Falkowski et al. 2000).  

1.1.1. The solubility pump 

The oceanic solubility pump is governed by the physical and chemical processes 

acting to transport CO2 from the surface ocean to the deep ocean. The solubility of 

CO2 in sea water is inversely correlated with the sea water temperature, and the 

efficiency of the solubility pump therefore increases with increasing latitude (Zeebe 

and Wolf-Gladrow 2001). The oceanic thermohaline circulation plays an important 

role in the solubility pump, with the formation and sinking of cold and dense water 

masses at higher latitudes contributing to the sequestration of anthropogenic CO2 

(Falkowski et al. 2000). On the other hand, upwelling regions can act as a source of 
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CO2 to the atmosphere due to CO2 supersaturated deep waters being brought to the 

surface (Falkowski et al. 2000).  

Climate models have predicted a decrease in the solubility pump efficiency 

associated with future climate change due to changes in ocean circulation (i.e. 

enhanced stratification) and increase in sea surface temperature. This could have a 

considerable impact on the global carbon cycle as the ability of the oceans to absorb 

anthropogenic CO2 will be reduced (Bopp et al. 2001). 

1.1.2. The biological pump 

The biological pump is composed of the soft tissue pump, which transfers POC to 

depth, and of the carbonate pump, which transfers mineral CaCO3 to the deep waters. 

The biological carbon pump is therefore responsible for the removal of carbon from 

the euphotic zone, exporting it to the deeper layer of the oceans (De La Rocha and 

Passow 2007). The pump functions through CO2 uptake and formation of particulate 

organic carbon by photoautotrophs, and subsequent sinking of this organic carbon. 

Vertical transport by zooplankton and advection of dissolved organic matter also 

play an important role in the carbon export process (Urrère and Knauer 1981; Copin-

Montégut and Avril 1993; Steinberg et al. 2000). The fraction of organic carbon 

exported to the deep ocean is characteristic of the efficiency of the biological pump 

(De La Rocha and Passow 2007). The biological pump plays an important role in the 

global carbon cycle: by transporting carbon to the deep ocean, transfer of CO2 from 

the atmosphere to the ocean is possible, hence accentuating the solubility pump and 

reducing the rapid increase in atmospheric CO2 (Anderson and Totterdell 2004).  

The efficiency of the biological pump is dependent on a range of processes, and is 

low in High Nutrient Low Chlorophyll (HNLC) regions where primary productivity 

is limited by factors other than the availability of major nutrients such as nitrate and 

phosphate. These factors include light (de Baar et al. 2005), zooplankton grazing 

(Landry et al. 1997; Cullen 1991), and dissolved iron (Martin et al. 1991; Martin and 

Fitzwater 1988). 

The efficiency of the biological pump is described by the f-ratio. Introduced by 

Eppley and Peterson (1979), it represents the fraction of new production over total 
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primary production, and is used to estimate the export flux from the surface layer to 

the deep ocean. The difference between new production (obtained from nitrate inputs 

to the euphotic zone) and regenerated production (obtained from nutrient recycling in 

the surface waters) was first noted by Dugdale and Goering (1967). However, while 

surface nitrification was then assumed negligible, later studies showed that this 

process was occurring at shallower depth (i.e. Dore and Karl 1996), and in relatively 

large proportions (Yool et al. 2007), leading to an overestimation of new production 

and of the f-ratio. A recent estimate showed that up to 50% of the surface nitrate used 

by phytoplankton comes from surface nitrification (oxidation of ammonia to nitrate) 

rather than from the deep ocean (Yool et al. 2007), and careful use of the f-ratio in 

quantifying carbon export is therefore recommended.  

The carbonate pump is an important component of the biological pump and is 

responsible for the precipitation and dissolution of calcium carbonate, hence 

controlling the carbonate system in the oceans. Coccolithophores (major producers of 

calcium carbonate; Broerse et al. 2000), along with foraminifera and pteropods, are 

the main contributors to the carbonate pump. 

1.2. The carbonate system 

The carbonate system is governed by equations 1.1 to 1.6 and the associated 

thermodynamics equilibrium constants (see chapter 2). The four chemical species of 

the carbonate system in sea water are the bicarbonate ion (HCO3
-
), the carbonate ion 

(CO3
2-

), the free (aqueous) carbon dioxide CO2(aq), and carbonic acid (H2CO3). The 

transfer of CO2 from the atmosphere to the oceans strongly affects the carbonate 

system (equations 1.1 to 1.6) through an increase in the bicarbonate ion 

concentration and a decrease in the carbonate ion concentration (Zeebe and Wolf-

Gladrow 2001; Falkowski et al. 2000). 

The carbonate system controls the formation of calcium carbonate (CaCO3) by 

calcifying organisms, a process which also leads to the formation of CO2 (equation 

1.4). The carbonate pump has the potential to increase the CO2 concentration in sea 

water (Ridgwell and Zeebe 2005; Zeebe and Wolf-Gladrow 2001). This has been 

observed in regions of the open ocean following intense calcification events, leading 
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to an increase in CO2 of as much as 50 µatm (Robertson et al. 1994; Holligan et al. 

1993). However, most of the CO2 formed during calcium carbonate formation is 

converted to bicarbonate ions (equation 1.5), associated to the buffering process of 

the oceans (Zeebe and Wolf-Gladrow 2001). The ratio of CO2 released during 

calcification over the precipitated carbonate was estimated as 0.6 at an atmospheric 

CO2 concentration of 350 µatm, but is expected to increase to up to 0.78 with future 

increase in atmospheric CO2 concentration (Frankignoulle et al. 1994).  

CO2 (g) = CO2 (aq)       (1.1) 

CO2 (aq) + H2O = H2CO3    (1.2) 

H2CO3 = H
+
 + HCO3

-
     (1.3) 

Ca
2+

 + 2HCO3
-
 = CaCO3 + CO2 + H2O  (1.4) 

CO2 + CO3
2-

 + H2O = 2HCO3
-
   (1.5) 

The carbonic acid (H2CO3) and aqueous carbon dioxide (CO2 (aq)) are chemically 

not separable (Zeebe and Wolf-Gladrow 2001, Dickson et al. 2007), and equations 

1.2 and 1.3 are therefore combined to form equation 1.6. 

  CO2
*
 (aq) + H2O = H

+
 + HCO3

-
   (1.6) 

Where CO2
*
 (aq) = CO2 (aq) + H2CO3 

 (g) and (aq) refer to the gaseous and aqueous states, respectively 

Dissolved Inorganic Carbon (DIC), Total Alkalinity (TA), pH, and partial pressure 

(or fugacity) of CO2 are the four parameters of the carbonate system directly 

measureable in seawater. The measurement of any two of these four variables allows 

the calculation of the other carbonate system parameters, such as the concentrations 

of bicarbonate and carbonate ions, via the use of the carbonate system equilibrium 

constants (cf. chapter 2).  

1.2.1. Dissolved Inorganic Carbon 

The DIC concentration of a sample of seawater is defined as the sum of the 

concentrations of all the inorganic forms of carbon dioxide present in the sample:  
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DIC = [CO2*] + [HCO3
-
] + [CO3

2-
]   (1.7) 

Where [CO2*] = [CO2] + [H2CO3] 

It represents the biggest carbon pool in the ocean and is chemically constituted of 

bicarbonate ion (88.6%), carbonate ion (10.9%), and of carbon dioxide and carbonic 

acid (0.5%) (Sarmiento and Gruber 2006). Standard procedure for the determination 

of the DIC content of a seawater sample is available (Dickson et al. 2007; Dickson 

and Goyet 1994), and will be described in detail in chapter 2. 

1.2.2. Total alkalinity 

The notion of total alkalinity is difficult, and different definitions can be found in the 

literature (Zeebe and Wolf-Gladrow 2001). The most accurate definition is given by 

Dickson (1981): 

“The total alkalinity of a sample of sea water is defined as the number of moles 

of hydrogen ion equivalent to the excess of proton acceptors (bases formed 

from weak acids with a dissociation constant K ≤ 10
–4.5

 at 25 °C and zero ionic 

strength) over proton donors (acids with K > 10
–4.5

) in 1 kilogram of sample”.  

TA = [HCO3
-
] + 2[CO3

2-
] + [B(OH)4

-
] + [OH

-
] + [HPO4

2-
] +2[PO4

3-
] + [SiO(OH)3

-
] + 

[NH3] + [HS
-
] - [H

+
]F - [HSO4

-
] - [HF] - [H3PO4]  (1.8) 

Where [H
+
]F is the free hydrogen ion concentration (cf. section 2.2). 

In addition to the carbon dioxide species, other acid-base systems significantly 

contribute to TA (equation 1.8). These include boric acid, water, and minor nutrient 

species with acid-base properties such as silicate, phosphate and ammonia (Wolf-

Gladrow et al. 2007; Dickson 2010). In most waters however, the terms NH3 and HS
-
 

can be neglected as these ions are usually present in very small amounts (Dickson et 

al. 2007). The method for the determination of TA in sea water will be described in 

detail in chapter 2. 
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1.2.3. Fugacity and partial pressure of CO2 

The fugacity and partial pressure of CO2 in seawater (fCO2 and pCO2 respectively, in 

µatm) are defined as the fugacity and partial pressure of CO2 in air which is in 

equilibrium with the sea water sample. They are obtained from the measurement of 

the mole fraction of CO2 in seawater, xCO2 (µmol mol
-1

), by equilibrating a large 

volume of seawater with a small, fixed volume of air. The partial pressure of CO2 is 

proportional to the mole fraction of CO2 according to equation 1.9 (Dickson et al. 

2007). 

 pCO2 = xCO2 × p             (1.9)  

Where p is the total pressure of the mixture in atm 

The fugacity is about 0.3 to 0.4% lower than the partial pressure due to the non-ideal 

nature of the gas phase (which does not strictly follow Henry‟s law) taken into 

account in the fugacity measurement (Zeebe and Wolf-Gladrow 2001). The fugacity 

of CO2 can be obtained from the partial pressure using equation 1.10 (Dickson et al. 

2007):  

𝑓CO2 = 𝑝CO2 × exp  𝑝
𝐵 + 2𝛿

𝑅𝑇
                                         (1.10) 

Where B is the virial coefficient of pure CO2 in cm
3
 mol

-1
, δ is the virial coefficient 

of CO2 in air (cross virial coefficient) in cm
3
 mol

-1
, R is the gas constant (= 

8.314472) in J K
-1

 mol
-1

, and T is the temperature in Kelvin. 

1.2.4. pH 

The notion of pH has been introduced by Sørensen (1909) with the definition of the 

logarithmic pH scale. It is defined as the negative logarithm of the concentration of 

hydrogen ions (equation 1.11). 

pH = -log [H
+
]                                  (1.11) 

The description of the two recommended methods currently in use for the 

determination of pH in seawater and the preparation of the buffer used to calibrate 

pH measurements will be discussed in detail in the next chapter.  
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1.2.5. Processes affecting the carbonate system 

A number of biological (e.g. calcium carbonate precipitation and dissolution, 

photosynthesis, respiration), chemical (e.g. CO2 uptake and release) and physical 

(e.g. mixing) processes affect the carbonate system. The effects of these processes on 

the carbonate system parameters are shown in Figure 1.1 (Zeebe and Wolf-Gladrow 

2001). While CO2 uptake and release processes only affect the DIC concentrations, 

biological processes affect both DIC and TA. In case of calcium carbonate (CaCO3) 

production or dissolution, there is a larger effect on TA than on DIC: each mole of 

CaCO3 precipitated or dissolved leads to a decrease or increase of 1 mole of DIC and 

2 moles of TA. On the other hand, photosynthesis or respiration tend to decrease or 

increase DIC and have minor effects on TA mainly due to nitrate uptake or release 

(Zeebe and Wolf-Gladrow 2001; Brewer and Goldman 1976; Bates et al. 2009).  

 

Figure 1.1. Effects of various processes on the carbonate system parameters (from 

Zeebe and Wolf-Gladrow 2001). Solid and dashed lines represent the levels of 

dissolved CO2 concentration (in µmol kg
-1

) and pH, respectively. 

The effect of nitrogen uptake/release on TA also depends on the type of nitrogen 

assimilated/remineralized: while nitrate and nitrite uptake tend to increase TA, a 
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decrease in TA is observed when ammonium is the source of nitrogen (Wolf-

Gladrow et al. 2007). However, the changes in pH due to biogeochemical and 

physical processes are more difficult to quantify due to the natural buffering 

capacities of the ocean (Soetaert et al. 2007).  

Other biological processes affecting the carbonate system variables include 

nitrification (oxidation of ammonia into nitrate), nitrogen fixation, denitrification 

(reduction of nitrate via nitrite to N2), remineralization of POC (production of 

ammonia or nitrate), and iron and manganese reduction (Soetaert et al. 2007; Wolf-

Gladrow et al. 2007).  

The carbonate system in seawater presents some natural buffer capacities which can 

be described by the Revelle factor (Revelle and Suess 1957). The buffer factor (RF0) 

represents the percent change in pCO2 (or fCO2) causes by a 1% change in DIC at 

constant TA (Zeebe and Wolf-Gladrow 2001; equation 1.12). Due to these buffering 

capacities, the increase in DIC (and related decrease in pH) associated with the 

oceanic uptake of CO2 from the atmosphere is lower than expected. However, the 

capacity of the oceans to absorb CO2 is inversely proportional to the Revelle factor. 

With increasing oceanic pCO2 due to increasing atmospheric CO2 concentration, the 

Revelle factor increases, slowly reducing the buffering capacity of the oceans.   

      RF0 =

𝑑[CO2]
CO2

 

𝑑DIC
DIC 

                               (1.12) 

Approximately 80% of the variation in TA in the surface ocean is related to changes 

in salinity (Wolf-Gladrow et al. 2007; Friis et al. 2003; Millero et al. 1998a), 

including freshwater addition (e.g. precipitation, river inputs, sea-ice melting) and 

removal processes (e.g. evaporation or sea-ice formation) (Bates et al. 2009). The 

salinity normalization of TA is therefore useful to characterize the changes in TA due 

to biogeochemical processes such as calcium carbonate precipitation and production 

of particulate organic matter (Wolf-Gladrow et al. 2007; Millero et al. 1998a). 

Although this normalization presents some limitations (Friis et al. 2003), it can be 

used to compare the TA distribution between regions where the salinity deviates 

from 35, such as at high and low-latitudes (Millero et al. 1998a).  
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1.3. Ocean acidification 

As a consequence of the absorption of about half of the anthropogenic CO2 emissions 

since the industrial revolution (Sabine et al. 2004), the surface ocean pH has 

decreased by 0.1 and is expected to further decrease by as much as 0.4 by the end of 

the century, depending on future CO2 emissions scenarios (Orr et al. 2005, Caldeira 

and Wickett 2003; Wolf-Gladrow et al. 1999). Model estimates have predicted a 

global increase in DIC of 12% by the end of the century, as a result of a doubling of 

atmospheric CO2 concentrations, with a corresponding decrease of the carbonate ion 

concentration ([CO3
2-

]) of 60% (Feely et al. 2004). This decrease in carbonate ion 

concentration would lead to a decrease in the saturation state of calcium carbonate 

(Ω), which will affect the precipitation and dissolution process of calcium carbonate, 

such that calcifying organisms would dissolve at shallower depths (Feely et al. 

2004).  

               Ω =  
 Ca2+ [CO3

2−]

Ksp
∗

                                       (1.13) 

With K
*
sp the solubility product of calcium carbonate, expressed as (equation 1.14): 

K
*
sp = [Ca

2+
]sat[CO3

2-
]sat                            (1.14) 

1.3.1. Calcifying organisms 

Important phytoplankton organisms threatened by future changes in the carbonate 

chemistry are the coccolithophores, major producers of calcium carbonate (Broerse 

et al. 2000) and other calcifiers such as corals, foraminifera, and pteropods (Fabry 

2008, Royal Society 2005). However, it is still not clear how coccolithophores and 

other calcifiers will be affected by changes in the carbonate system (Fabry 2008). 

Different experiments have shown varying results, in some cases with a decrease in 

calcification and the presence of malformed coccolithophores at enhanced pCO2 

levels (Zondervan et al. 2001; Riebesell et al. 2000), while in other cases, increased 

pCO2 levels led to an increase in calcification rates (Iglesias-Rodriguez et al. 2008). 
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These different results could possibly be attributed to differences in the 

coccolithophore species under study (Fabry 2008).  

Three different types of calcium carbonate are produced by marine organisms: 

calcite, magnesium calcite and aragonite. Calcite products are known to be less 

soluble than aragonite, but the incorporation of magnesium in the calcification 

process increases the solubility (Royal Society 2005; Dickson 2010). The differences 

in solubility properties observed between the different types of calcium carbonate 

produced by marine organisms suggest that they will not react equally to future 

changes in the carbonate chemistry.  

1.3.2. Ocean monitoring 

To observe and subsequently predict changes in the productivity and community 

structure in the ocean associated with the expected changes in the carbonate 

chemistry, precise measurements of the carbonate chemistry parameters are 

important. For this reason, accurate pH measurements, along with DIC, TA and 

pCO2 measurements need to be conducted.  

The monitoring of atmospheric carbon dioxide concentration was pioneered by 

David Keeling, who was the first to show the annual increase in atmospheric CO2 

(Keeling 1960). The Hawaii Ocean Time-Series (HOTS) and the Bermuda Atlantic 

Time-Series (BATS) programs were then established in 1988 to monitor the 

hydrographic, biological and chemical properties in sea water at station Aloha, 

Hawaii, and in the Sargasso Sea (Karl et al. 2003). These programs have provided 

since then monthly observations of the chemical properties of the water column in 

the North Pacific Sub-tropical Gyre and in the North Atlantic Sub-tropical Gyre, 

introducing the longest records in the world of carbon dioxide levels. Following this, 

numerous monitoring programs have been developed, including the ESTOC 

(European Station for Time-series in the Ocean, Canary Islands) station in the 

Northeast Atlantic Ocean, and the SEATS (South East Asia Time-Series) station in 

the South China Sea (Karl et al. 2003; Doney et al. 2009a).  
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Figure 1.2. Long-term trends of surface oceanic pH observed at: (a) BATS and 

Hydrostation S in the North Atlantic Ocean (Figure adapted from Bates 2007); (b) 

Ocean Station ALOHA in the sub-tropical North Pacific Ocean (Figure adapted from 

Doney et al. 2009a); and (c) ESTOC station between 1995 and 2004 (Figure adapted 

from Santana-Casiano et al. 2007) 

These time-series programs have helped us to understand biogeochemical processes 

in the oceans and allowed us to observe the changes that are taking place in the 

oceans. For example, the annual decrease in surface oceanic pH was estimated from 

three major ocean time-series program (Figure 1.2) to -0.0017 y
-1

 for BATS (Bates 

2007), -0.0017 y
-1

 for the ESTOC station (Santana-Casiano et al. 2007), and -0.0019 

y
-1

 for HOTS (Dore et al. 2009; Doney et al. 2009a).  
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1.4. Objectives 

The current trend in oceanic pH involves an annual decrease of -0.0017 to -0.0019 

(Bates 2007; Santana-Casiano et al. 2007; Dore et al. 2009). However, spatial and 

temporal pH variations of 0.3 have been estimated (Royal Society 2005). Therefore, 

it is of particular importance to understand all the processes, both natural and 

anthropogenic, driving changes in the oceanic carbonate system in order to allow an 

improved prediction of the effects of ocean acidification on ecosystem structure and 

functioning. More particularly, we need to understand the biological and physical 

controls on the carbonate system. The aim of this study is to observe the natural 

variations of the carbonate chemistry in the North Atlantic Ocean and to determine 

the strength of the key forcing processes through measurements of Dissolved 

Inorganic Carbon, Total Alkalinity and oceanic pH.  

1.5. Thesis outline 

A description of the methods available to determine pH in sea water is given in 

chapter 2. The challenges encountered with analytical measurement and calibration 

are also examined. This chapter provides a detailed description for the preparation of 

pH buffers in artificial sea water, required to obtain high quality pH measurements. 

The methods used in this study for the determination of DIC and TA are described, 

as well as the constants used for the calculation of the carbonate system parameters. 

As explained above, ocean monitoring is required to track changes in the carbonate 

chemistry due to increasing atmospheric CO2 concentrations, and to observe the 

natural spatial, seasonal and inter-annual variability. The use of ships of opportunity 

is an important tool for ocean monitoring. A two-year study of the carbonate system 

conducted as part of the FerryBox program is presented in chapter 3. The 

observations reveal inter-annual variability in the carbonate system and air-sea CO2 

fluxes associated with differences in temperature and winter mixing. 

Coastal upwelling regions can bring low-pH and CO2 enriched waters to the surface 

ocean (Feely et al. 2008) and are important environments to study the potential 

impact of ocean acidification. The spatial variability of the carbonate system in the 



 

 

15 

 

sub-tropical North Atlantic associated with coastal upwelling and an oxygen 

minimum zone is described and discussed in chapter 4.   

The North Atlantic Ocean, and more particularly the Iceland Basin, is characterized 

by strong mesoscale activity. The distribution of the carbonate system parameters 

and their variability associated with the presence of an eddy dipole in this oceanic 

area is presented in chapter 5, along with a detailed interpretation of the measured 

carbonate system parameters.  

Finally, chapter 6 gives a summary of the work undertaken as part of this PhD 

project, including a comparison and discussion of the different results presented in 

the previous chapters, such as spatial and temporal variability in the North Atlantic 

Ocean and differences in the forcing factors involved in the natural variability of the 

carbonate system. Some recommendations and perspectives for future work 

regarding climate change and the global carbon cycle are also discussed.  
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Chapter 2  

Carbonate system measurements   
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2.1. Introduction 

The importance of achieving high accuracy and high precision pH measurements on 

a continuous and long term basis (i.e. as part of a time-series program) has been 

discussed in chapter 1. Total Alkalinity (TA) and Dissolved Inorganic Carbon (DIC) 

analyses constitute so far the most accurate and reliable measurements of the 

carbonate system. However, no autonomous systems are currently available for the 

measurement of these variables. Continuous pH measurements, along with partial 

pressure of CO2 (pCO2), DIC and TA measurements, are necessary to obtain a good 

understanding of the seasonal and inter-annual variability, and long-term changes of 

the carbonate system.  

The achievement of high quality oceanic pH measurements is however still a 

challenge but have considerably improved in recent years. Two methods are 

currently in use for the determination of pH in seawater and will be described in 

detail in this chapter: the potentiometric method and the spectrophotometric method. 

The potentiometric method is based on the measurement of the electromotive force 

of a cell composed of a glass pH electrode and a reference electrode, while the 

spectrophotometric method is based on the addition of an indicator dye to the 

seawater sample. Until the late 1980s the main difficulty encountered with the 

potentiometric pH measurement was due to the difference in ionic strength between 

the buffer and the sea water sample. These challenges have been overcome due to the 

development of artificial sea water buffers of similar ionic strength to that of the 

sample (Covington and Whitfield 1988).  

Buffer solutions are extremely important in order to calibrate potentiometric pH 

measurements and their pH values must be well defined. However, for measurement 

in high ionic strength solutions, NBS (National Bureau of Standards) pH buffers 

have been shown to produce large differences between calibration and sample 

measurements (Whitfield et al. 1985). Instead, the use of the TRIS (2-amino-2-

hydroxymethyl-1,3-propanediol) buffer, introduced by Smith and Hood (1964), has 

been recommended. To achieve a chemical composition close to sea water, the buffer 

is made up in artificial sea water prepared according to the protocol by Dickson et al. 

(2007). Such buffers have been shown to be relatively stable if stored in borosilicate 

bottles with a greased ground-glass stopper to prevent carbon dioxide or water vapor 
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exchange with the atmosphere (Nemzer and Dickson 2005; Dickson et al. 2007), 

with a small shift in pH over time (0.0005 pH unit per year). The recent introduction 

of spectrophotometric pH measurements has further increased the quality and 

frequency of oceanic pH measurements as they reduce errors encountered due to 

electrode failure or buffer preparation (Clayton and Byrne 1993; Bellerby et al. 1995; 

Dickson 2010). However, potentiometric pH measurements involve relatively simple 

and low-cost instrumentation. 

2.2. Oceanic pH measurements 

2.2.1. Definition of pH scales 

Three different seawater pH scales have been defined, based on different definitions 

of the hydrogen ion concentration: 

- The free hydrogen ion concentration scale (pHF) uses the concentration of free 

hydrogen ions to define the hydrogen ion activity (Bates 1964). This pH scale 

does not take into account the influence of sulfate or fluoride ions (equations 2.1 

and 2.2).  

pHF = –log (aH+ (F))     (2.1) 

aH+ (F) ≈ [H
+
]F      (2.2) 

- The total hydrogen ion concentration scale (pHT) was introduced by Hansson 

(1973). This scale takes into account the influence of sulfate ions but not of 

fluoride ions (equations 2.3 to 2.6).  

pHT = –log (aH+ (T))     (2.3) 

aH+(T) ≈ [H
+
]F + [HSO4

-
]    (2.4) 

         ≈ [H
+
]F (1+ KHSO4[SO4

2-
])   (2.5)   

KHSO4 = [HSO4
-
]/([H

+
][SO4

2-
])   (2.6) 

Where KHSO4 is the association constant for HSO4
-
. 

- The seawater hydrogen ion concentration scale (pHSWS) includes the influence 

of fluoride ions (Dickson and Riley 1979) in addition to the sulfate ions 

(equations 2.7 to 2.10). 
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pHSWS = –log (aH+ (SWS))                                      (2.7) 

aH+(SWS)  ≈ [H
+
]F + [HSO4

-
] + [HF]   (2.8) 

       ≈ [H
+
]F (1+ KHSO4[SO4

2-
] + KHF[F

-
])  (2.9) 

KHF = [HF]/([H
+
][F

-
])     (2.10) 

Where KHF is the association constant for HF. 

The measurement of a single ion activity is impossible to achieve in practice and the 

use of the free scale is therefore not recommended (Covington and Whitfield 1988, 

Dickson 1993). The sea water scale can cause problems due to the uncertainties with 

the stability constants of HF (Dickson 1993). The total scale (pHT) is the 

recommended scale (Dickson 1990; Dickson 2010) as it does not take into account 

the fluoride ions. The presence of sulfate ions in seawater needs to be taken into 

account when measuring the hydrogen ion concentration (i.e. pH) as it interacts with 

the hydrogen ion and thus perturbs the acid-base equilibrium in seawater (Dickson 

1990).  

The pH measurement is hence dependent on the scale used and a difference of up to 

0.12 can be observed between the different scales (Zeebe and Wolf-Gladrow 2001). 

The potentiometric system described later in this chapter was calibrated with 

artificial seawater buffer (TRIS) containing sulfate, and the total hydrogen ion 

concentration scale should therefore be used in the pH calculation (Wedborg et al. 

1999). A conversion between the different pH scales is possible, as shown in 

equation 2.11: 

pHF  = pHT + log(1 + KHSO4[SO4
2-

])  

= pHSWS + log(1 + KHSO4[SO4
2-

] + KHF[F
-
])  (2.11) 

2.2.2. TRIS buffer 

2.2.2.1. Buffer preparation 

The TRIS (2-amino-2-hydroxymethyl-1, 3-propanediol) buffer solution was made up 

in artificial sea water according to Dickson et al. (2007) and presented in Table 2.1. 

The calcium chloride (CaCl2) and magnesium chloride (MgCl2) solutions were 
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calibrated using the Mohr titration (Vogel 1978) and the hydrochloric acid (HCl) 

solution was calibrated using the Borax titration (Mellon and Morris 1925). The salts 

(NaCl, KCl, Na2SO4 and TRIS; Fisher Scientific analytical reagent grade) were dried 

at 110 °C for an hour in an oven prior to weighing. All solutions were prepared by 

weight, and the composition of the solution was scaled to the weight of the HCl 

added, the chloride concentration being the greatest source of error in the solution 

composition (Andrew Dickson, pers. comm.). Two batches of TRIS buffer were 

prepared and certified at the Scripps Institution of Oceanography (San Diego, USA) 

in Professor Andrew Dickson‟s laboratory, between June and July 2008 (WUN 

Research Mobility Programme). The process of the analysis and certification of these 

batches will be described in detail in section 2.3.2. 

Silver nitrate titration (Mohr titration) 

In order to determine the exact weight of the CaCl2 and MgCl2 solutions to add to the 

buffer solution (Table 2.1), their exact concentration needs to be determined. For this 

purpose, the CaCl2 and MgCl2 solutions (of approximately 1 mol kg
-1

) were titrated 

with a gravimetric Mohr (silver nitrate) titration (Vogel 1978) with a precision better 

than 0.05%. The potassium chromate indicator solution was prepared by dissolving 5 

g of K2CrO4 (Acros Organics) in 5 ml of de-ionized (Milli-Q) water to which a few 

drops of the silver nitrate (AgNO3) solution were added. A red silver chromate 

precipitate should form and the solution was left to stand for 12 hours (overnight), 

then filtered and diluted to 100 ml with Milli-Q water. A few drops of the indicator 

(light yellow solution) were added before each titration in order to determine the end-

point of the titration.  

The standard silver nitrate (approximately 0.3 M) titrant solution (AgNO3) was 

titrated with sodium chloride (NaCl, approximately 0.1g in 50 ml Milli-Q water) in 

order to determine its exact concentration. The titrated silver nitrate solution was 

then used for the titration of the CaCl2 and MgCl2 solutions. For this purpose, 0.5 g 

of the solution to titrate (CaCl2 or MgCl2) was introduced in a beaker (the exact 

weight added was carefully recorded) in approximately 80 ml Milli-Q water, and a 

few drops of the indicator were added. The weight of the beaker was recorded at that 

stage and the solution titrated with the silver nitrate solution until endpoint 

(characterized by an orange-red color). The weight of the beaker was recorded at the 
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end of the titration in order to determine the exact weight of silver nitrate solution 

added. The blank of the titration was determined with CaCO3 following the same 

procedure by dissolving 0.1 g of CaCO3 in 80 ml Milli-Q water. 
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Table 2.1. Chemical composition of the TRIS buffer solution (Dickson et al. 2007); 

recipe computed for 1000 g of solution, salinity = 35, and assuming a molality of 1 

mol kg
-1

 for each of the solutions (CaCl2, MgCl2 and HCl). 
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Borax titration 

In order to determine the exact weight of the HCl solution to introduce in the buffer 

solution, the exact concentration of the HCl solution also needs to be determined 

(Table 2.1). A gravimetric Borax (di-sodium tetraborate Na2B4O7.10H2O, Fisher 

Scientific analytical reagent grade) titration (Mellon and Morris 1925) was used to 

standardize the HCl solution (1 mol kg
-1

) with a precision of 0.1%. The methyl red 

indicator used for the titration was water soluble and prepared at a 0.02% ratio (0.02 

g in 100 ml Milli-Q water). For each titration, approximately 1 g of Borax was 

dissolved in 60 ml of Milli-Q water and titrated with the HCl solution. The weight of 

added HCl was carefully recorded, as well as the initial weight of Borax. 

2.2.2.2. Buffer calibration 

Two batches of high quality buffer (5 and 20 liters) were prepared at the Scripps 

Institution of Oceanography (UCSD, La Jolla, USA) and certified in Professor 

Andrew Dickson‟s laboratory during June and July 2008. The certified buffers 

allowed us to determine the accuracy of the potentiometric pH system as well as the 

quality of the buffer prepared at NOCS.  

All the salts used for the preparation of the buffer were recrystallized in order to 

minimize possible contamination from bromide ions (Dickson 1990). The HCl 

solution (1 mol kg
-1

) was made up from double-distilled concentrated HCl and was 

coulometrically titrated (precision better than 0.01%) in order to establish the exact 

acid concentration. The two batches of buffer prepared were bottled in 250 ml Pyrex 

glass bottles with greased ground stoppers according to the CRM bottling procedure 

(Dickson et al. 2007). The pH of the buffer was calculated according to Nemzer and 

Dickson (2005) and DelValls and Dickson (1998). The emf (electromotive force) 

measurements for the two batches of buffer were conducted along with emf 

measurements of a batch of HCl 0.01 M standardized according to Dickson (1987) 

and Dickson (1990). 

Cell preparation 

Six cells, each composed of a hydrogen electrode and a silver/silver chloride 

(Ag/AgCl) electrode, were run in parallel. Half of the cells were prepared with HCl 
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0.01 M, and the other half with the TRIS buffer solution. The results obtained with 

the two batches of buffer were compared with results from previous studies in order 

to check the quality of the buffer (DelValls and Dickson 1998; Nemzer and Dickson 

2005). 

The hydrogen electrodes used to calibrate the buffer were platinized just before use. 

For this purpose, two clean hydrogen electrodes are set up perpendicularly to each 

other in a beaker containing a platinizing solution (chloroplatinic acid hexahydrate 

H2PtCl6.6H2O in 100 ml Milli-Q water), and connected to a power source with a 

current of 40 mA for 10 minutes until the apparition of an evenly distributed black 

deposition (Figure 2.1).  

 

Figure 2.1. Platinization of the hydrogen electrodes. 

The Silver/Silver Chloride electrodes were designed and prepared according to Bates 

(1964). The silver oxide used for the preparation of the electrodes was dried in a 

vacuum oven at 100 ºC before use. The silver oxide paste was applied on the 

platinum helix at the end of the electrode to form a small ball. The electrodes were 

then heated for 15 minutes at 100 ºC, and finally heated at 495 ºC for 15 minutes. 

The same procedure was followed five times, until the silver ball formed at the end 

of the electrodes (Figure 2.2) had a smooth aspect (with no visible cracks). The 

electrodes were let to stand in Milli-Q water overnight and then chloridized with 1 M 
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HCl using a current of 10 mA for 10 minutes. The electrodes were stored in 0.01 M 

HCl for two days before use.  

 

Figure 2.2. Preparation of the silver/silver chloride electrodes. 

 

Figure 2.3. Bath instrumentation (left) composed of a voltmeter (Hewlett-Packard 

data acquisition system), a digital quartz barometer, and a platinum resistance 

thermometer; and cell bath (right). 
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The custom-made cells were filled with the solutions to analyze (TRIS buffer or 

HCl), previously degassed with H2, and placed in the temperature controlled bath 

(Figure 2.3) thermostated at 25 ºC (298.15 ± 0.01 K). The voltage E (V), temperature 

(ºC) and pressure (hPa) were carefully monitored every 30 minutes until the voltage 

had stabilized within ±0.00001 V (equivalent to an error in the pH calculation of 

0.0002). 

Calculation 

The emf readings of the cells containing the HCl and TRIS solutions were corrected 

for standard pressure according to Dickson (1987) (equation 2.12):  

  E p0 = E observed −  
RT

2F
 ln⁡{

𝑓 H2 ,g 

p0 }  (2.12) 

Where p° is the standard pressure = 101.325 kPa 

R is the gas constant = 8.314472 J K
-1

 mol
-1

 

T is the temperature in Kelvin = T (°C) +273.15 

F is the Faraday constant = 96485.3399 C mol
-1

 

f(H2,g) is the fugacity of hydrogen gas (equation 2.13): 

  𝑓 H2,g =  p atm + 0.4ρgh − p(H2O)            (2.13) 

Where p(atm) is the measured barometric pressure at the time and place of the 

experiment 

0.4 ρgh is the empirical bubbler-depth correction factor (0.196 kPa for HCl; 

0.200 for TRIS) 

p(H2O) is the vapor pressure of water in the solution (3.1676 kPa for HCl; 

3.1050 for TRIS) 

The pressure corrected voltage of the HCl cells was then standardized at the 

temperature of 298.15 K (equation 2.14):   

  E0(T) = E p0 +
2RT

F
ln⁡(𝑚HCl ∗ γ±)   (2.14) 

Where   mHCl is the molality of hydrochloric acid in mol kg
-1
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              γ± is the mean activity coefficient of hydrochloric acid (0.904 at 298.15 K) 

(Dickson 1987) 

The E° (T) standardized values obtained for the HCl cells were corrected to those of 

Bates and Bower (1954) according to Nemzer and Dickson (2005) and DelValls and 

Dickson (1998) (equation 2.15): 

  E0 T = E0 T, BB + ∆E0(298.15 K)   (2.15) 

Where E°(T,BB) is the calculated smoothed value of the emf using the Bates and 

Bower function at the temperature of the measurement (0.22240 at 298.15 K). 

The pressure corrected E(p°) of the TRIS cells were corrected to the Bates and 

Bower (1954) values (equation 2.16) using the correction obtained with the HCl cells 

in equation 2.15: 

  E p0 , BB = E p0 − ∆E0(298.15 K)   (2.16) 

The pH of the buffer was calculated according to DelValls and Dickson (1998) and 

Nemzer and Dickson (2005) (equation 2.17): 

  pH =
E(p0 ,BB )−Em

∗

RTln 10

F

+ log 𝑚Cl− + 0.01642  (2.17) 

Where Em
* 

is the standard potential of the (AgCl(s) + H2(g) = Ag(s) + HCl(aq)) reaction 

(Dickson 1990; Campbell et al. 1993) 

R is the gas constant = 8.314472 J K
-1

 mol
-1

  

T is the temperature in Kelvin  

F is the Faraday constant = 96485.3399 C mol
-1

 

mCl- (mol kg
-1

 H2O) = mNaCl + mKCl + mHCl + 2mCaCl2 + 2mMgCl2 (obtained from 

the exact composition of the TRIS buffer, as shown in Table 2.1) 

0.01642 is the pH conversion factor (from mol kg
-1 

H2O to mol kg
-1

 solution; 

Nemzer and Dickson 2005) 

Buffer certification 

The corrected E (p°) values obtained with the batch of 0.01 mol kg
-1

 HCl in June 

2008 (average of 0.46429 and 0.46435 V for each run of 3 cells; ζ = 0.00004 and 
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0.00003) ranged within the values previously reported in the literature (Dickson 

1987). The corrected E(p°) values obtained with the TRIS buffer cells also showed 

good agreement with the values of Nemzer and Dickson (2005) and DelValls and 

Dickson (1998); with an average value of 0.73847 and 0.73858 for each batch of 

buffer (ζ = 0.00003 and 0.00001 respectively) compared to literature values ranging 

from 0.73853 to 0.73864 (DelValls and Dickson 1998) and from 0.73847 to 0.73860 

(Nemzer and Dickson 2005). The certified pH values obtained for the two batches of 

TRIS buffers at 25 ºC were within the range reported by Nemzer and Dickson 

(2005): 

pH = 8.0933 ± 0.0002 (1ζ) for the 20 liters batch (first batch) 

pH = 8.0917 ± 0.0004 (1ζ) for the 5 liters batch (second batch) 

2.2.3. Potentiometric system 

2.2.3.1. System description  

The potentiometric method is based on the measurement of the emf of a cell 

composed of a silver/silver chloride reference electrode and a glass pH electrode. In 

order to obtain high quality measurements, a reproducible liquid junction (forming 

the junction between the sample and the bridge solution of the reference electrode) is 

necessary (Culberson 1981). The system (Ruthern Instruments) used in this study 

(Figure 2.4) creates a free-diffusion liquid junction which has been shown to reduce 

liquid junction potential errors encountered with the conventional pH electrode 

systems (Whitfield et al. 1985; Covington and Whitfield 1988). The free-diffusion 

liquid junction is obtained by forming a capillary liquid junction between the 

reference reservoir (containing the silver/silver chloride electrode) and the pH cell 

containing the pH electrode and the sample. The bridge solution (2.5 M potassium 

chloride) introduced below the sample via a solenoid pump allows the ionic contact 

between the hydrogen (Russell pH Ltd SW79) and the reference electrode (Russell 

pH Ltd CRR/DWG1575). The instrument was powered using a 12 V power supply 

and operated with a LabVIEW program.  
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The system, when used in continuous data logging mode, provided pH and 

temperature readings every minute. The flow-through pH cell was composed of a 

Platinum Resistance Thermometer (PRT; precision better than 0.1 ºC), two glass 

hydrogen electrodes, and a glass capillary for the free diffusion liquid junction. A 

difference in the temperature measurement of 0.1 ºC is equivalent to a difference of 

0.003 pH unit in the calculation of the TRIS buffer pH (equation 2.18) and 

consequently in the pH of the sample (equation 2.19). No calibration of the PRT was 

done, but the difference between the in situ temperature and the pH system 

temperature (PRT reading) was checked and any measurements with a difference 

above 0.1 °C were rejected.  

Two glass pH electrodes were used in the system in order to check for any faulty 

electrode. The measurements were conducted at the in-situ temperature, which 

eliminates any further temperature correction usually necessary with temperature-

controlled systems (Hunter 1998). In order to avoid errors from electrode drift, 

calibration using TRIS buffer was undertaken at regular intervals (every 8 to 12 

hours) and the buffer was brought to a temperature close to that of the sample before 

each calibration (Wedborg et al. 1999). The theoretical value of the pH of the TRIS 

buffer (pHB) was calculated from equation (2.18) (Dickson et al. 2007; DelValls and 

Dickson 1998): 

pHB =
(11911.08−18.2499×S−0.039336×S2)

T
− 366.27059 + 0.53993607 × S + 0.00016329 ×

S2 +  64.52243 − 0.084041 × S ln T − 0.11149858 × T             (2.18) 

Where S is the salinity and T is the temperature (in K) 

The pH of the sample (pHS) was determined according to equation (2.19) (Dickson et 

al. 2007):  

   pHS = pHB +
EB −ES

 
RT ln 10

F
 
   (2.19) 

Where EB is the emf of the TRIS buffer (in mV) 

ES is the emf of the sample (in mV) 

T is the temperature of the sample (in K) 
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F is the Faraday constant (96485.3399 C mol
-1

) 

R is the gas constant (8.314472 J K
-1

 mol
-1

) 

2.2.3.2. System preparation and operation 

The potassium chloride solution used for the liquid junction (2.5 M KCl, Fisher 

Scientific analytical reagent grade) was introduced in a blood bag placed on top of 

the system in order to allow a gravity-fed liquid junction. The reference electrode 

cell was filled with the KCl solution and the solenoid valve (075P2NC12-02B, Bio-

Chem Valve) controlling the liquid junction (Figure 2.4) was activated manually in 

order to remove any air left in the reference cell. The liquid junction was then 

automatically flushed every 10 minutes via the solenoid valve while the system was 

in operation in order to renew the liquid junction (Figure 2.4). The pH cell was 

wrapped in foam in order to minimize heat transfer and to reduce any drift in pH 

measurement due to changes in the cell temperature.  

A calibration was performed before each set of measurements after selecting the 

appropriate buffer from the instrument program. As the TRIS buffer was used in this 

study, the seawater buffer was selected (as opposed to the NaCl buffer). The water 

flow going through the pH cell needed to be sufficiently strong to prevent bubbles 

forming in the pH cell which would create a drift in pH with time (between 1 and 2 l 

min
-1

). A flow too slow would also increase the temperature in the cell, creating an 

offset in the pH measurement. The electrodes were left in the cell filled with buffer 

when not in use.  

The data was retrieved from the pH system using the MS-DOS Interlink software 

(Interlink/Interserver). For this purpose a custom-made null modem adapter serial 

cable (7-wire) was used to connect the pH system and the computer on which the 

data was being transferred (client computer).  

A drift observed on one of the electrode readings might indicate coating on the glass 

membrane of the electrodes due to algae, biological material and other particles 

present in the water. To prevent this fouling, the hydrogen electrodes were regularly 

cleaned with a non-acidic solution such as Decon 90 (10%) or Neutricon (10%) and 

rinsed with Milli-Q water. The electrodes were wiped dry and stored in TRIS buffer 
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solution. The reference silver/silver chloride (Ag/AgCl) electrode was stored in 2.5 

M KCl. The pH cell and tubing were cleaned in Decon 90 (10%) or Neutricon (10%). 

 

 

Figure 2.4. Drawing of the potentiometric pH system used in this study (top); and 

potentiometric pH system installed on the MV Pride of Bilbao (bottom). The grey lines 

on the drawing represent the data acquisition, the blue lines represent the solutions 

(seawater sample, buffer and liquid junction), and the green lines represent the valves 

and pump system. 

2.2.3.3. Accuracy and precision 

The accuracy of a pH measurement is difficult to determine and strongly depends on 

the accuracy of the buffer used to calibrate the system (Wedborg et al. 1999), as there 
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are at this time no Certified Reference Materials available for oceanic pH 

measurements. The two batches of buffer prepared and certified at the Scripps 

Institution of Oceanography were run on the potentiometric system in order to 

compare them with the buffer solutions prepared at NOCS. The tests were performed 

at room temperature and showed good agreement (0.003 ±0.003) between the 

certified buffers and the buffer solutions prepared at NOCS. The precision of the 

system as well as the drift of the instrument between calibrations were estimated to 

be within 0.004 (peak to peak difference) from repeated measurements on the same 

batch of seawater (Figure 2.5). 

 

Figure 2.5. Continuous pH measurements obtained on the same batch of seawater 

with the potentiometric system. The measurements were conducted at sea for several 

hours while the ship was on station in order to estimate the drift of the instrument. 

2.2.3.4. System performance 

The system used in this study has been shown to produce high quality and high 

resolution data (Figure 2.6) following careful electrode handling and TRIS buffer 

preparation. The preliminary results obtained with the potentiometric pH system 

showed strong correlation with the pCO2 data (r
2
 = 0.87; n = 834) measured on the 

Pride of Bilbao (Figure 2.6; pCO2 data courtesy of Charlene Bargeron).  
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Figure 2.6. Comparison of pCO2 (ppm; courtesy of Charlene Bargeron) and 

potentiometric pH data obtained on the Pride of Bilbao (April 2007) between 

Portsmouth and Bilbao (green) and Bilbao-Portsmouth (blue). These results were 

obtained during a trial crossing.  

2.2.4. Spectrophotometric measurement 

2.2.4.1. Overview 

In order to determine the inter-annual variability of oceanic pH, spectrophotometric 

measurements are highly recommended. Global annual decrease in surface ocean pH 

has been estimated to be between -0.0017 and -0.0019 y
-1

 from the Bermuda Atlantic 

Time-Series and the Hawaii Ocean Time-Series, respectively (Bates 2007; Doney et 

al. 2009a). The required accuracy and precision for pH measurements should hence 

be of the same order. Spectrophotometric measurements have been shown to provide 

pH data with a minimum accuracy of ±0.005 and precision of ±0.001 pH unit, which 

fulfills the requirements for studying changes in the ocean (Clayton and Byrne 1993; 

Bellerby et al. 2002; Seidel et al. 2008)  
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Spectrophotometric measurements are based on the use of a sulfonephthalein dye 

indicator. These acid-base indicators exist in three chemical forms: H2I, HI
-
, and I

2-
, 

each form having substantially different absorption properties. The reaction of 

interest in the determination of oceanic pH is the one associated with the second 

dissociation constant of the indicator (equation 2.20 and 2.21): 

HI− aq = H+ aq + I2− aq             (2.20) 

K2 =
 H+ [I2−]

[HI−]
                                       (2.21) 

Where K2 is the second dissociation constant of the indicator 

The choice of the dye used depends on the expected range of pH (the pK2 of the 

indicator must be close to the pH of the sample). For surface water pH 

measurements, the indicator thymol blue has been recommended (Ohline et al. 2007; 

Bellerby et al. 2002; Zhang and Byrne 1996; Byrne 1987).  

The absorbance of the solution containing the sample and the indicator is measured 

at three different wavelengths: 435, 596 and 730 nm. The two wavelengths 435 and 

596 nm correspond to the maximum absorbance of the protonated (HI
-
) and 

unprotonated (I
2-

) form of the thymol blue indicator, respectively. The measurement 

at a non-absorbing wavelength (730 nm) is necessary to correct for any instrument 

drift or error with the cell repositioning. A flow cell with a 10 cm path length is 

recommended to ensure optimum results (Dickson et al. 2007). The temperature of 

the sample should also be accurately measured and recorded to better than 0.1 ºC (a 

difference in temperature of 0.1 ºC is equivalent to an error of 0.001 pH unit in the 

calculation using the thymol blue indicator; equation 2.22 to 2.26).  

2.2.4.2. Indicator solution 

The thymol blue indicator solutions were regularly prepared at NOCS for the 

development of the spectrophotometric system and its trial at sea. Thymol blue 

(C27H30O5S) is insoluble in water, and therefore a stock solution (2 mM) was made 

up in 0.7 M NaCl (Seidel et al. 2008), with a few drops of alkaline solution (NaOH 1 

M) in Milli-Q water. The solution was left to dissolve overnight and stored in the 
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dark. The pH of the thymol blue solution was adjusted to the pH of the sample (about 

8.2 for surface waters measurements) with hydrochloric acid 1 M HCl (Seidel et al. 

2008; Bellerby et al. 2002) on the day of analysis. The final concentration of the 

indicator in the sample should range between 2.10
-6

 and 2.10
-5

 M (Zhang and Byrne 

1996) and should give an absorbance between 0.4 and 1.0 for each wavelength 

(Dickson et al. 2007). 

2.2.4.3. Calculation 

The pH of the sample was calculated on the total hydrogen ion scale using the 

following equations (2.22 to 2.26) (Dickson et al. 2007; Clayton and Byrne 1993):  

   pH = pK2 + log  
 R−e1 

 e2−Re3 
    (2.22) 

Where R = A596/A435 

pK2 = -logK2 

ei are the extinction coefficient ratios:  

e1 = ε 596(HI
-
) / ε 435(HI

-
) 

e2 = ε 596(I
2-

) / ε 435(HI
-
) 

e3 = ε 435(I
2-

) / ε 435(HI
-
) 

With for the thymol blue indicator (Zhang and Byrne 1996): 

  pK2 = 4.706
S

T
+ 26.3300 − 7.17218 log T − 0.017316S (2.23) 

  e1 = −0.00132 + 1.600 × 10−5T    (2.24) 

  e2 = 7.2326 − 0.0299717T + 4.600 × 10−5T2  (2.25) 

  e3 = 0.0223 + 0.0003917T     (2.26) 

The pK2 equation (2.23) (Zhang and Byrne 1996) was determined for the salinity 

range 30-40 and temperature range 5-35 °C. The equations for the extinction 

coefficient ratios (ei) of the thymol blue (2.24 to 2.26) used in this study were the 

ones reported by Zhang and Byrne (1996). It is however strongly recommended to 

determine them for in-situ applications (i.e. when temperature is not controlled) or 

for each particular spectrophotometric pH system (Seidel et al. 2008).  
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For an accurate calculation of the pH of the sample prior to the indicator dye 

addition, a correction is required for the addition of another acid-base system. For 

this purpose, a measurement of the solution with dye and without dye is undertaken 

at each wavelength (Dickson et al. 2007; Clayton and Byrne 1993). Another 

correction is necessary in order to remove the background absorbance and this is 

done by subtracting the baseline absorbance (at 730 nm) for each of the obtained 

peaks (Dickson et al. 2007; Mojica Prieto and Millero 2002). Finally, the absorbance 

ratio (R) needs to be corrected from the dilution occurring after the dye addition 

according to equation 2.27 (Dickson et al. 2007):  

Rcorrected = R – V (0.125 – 0.147R)        (2.27) 

Where V is the volume of indicator added to the sample (in cm
3
) 

2.2.4.4. Discussion 

The development of a spectrophotometric pH system at NOCS would allow pH 

measurements in the range of precision expected to investigate annual surface ocean 

acidification (precision and accuracy better than ±0.002).The first prototype of the 

spectrophotometric system in development at NOCS was tested at sea in April 2008. 

Despite some promising results, mixing problems were observed, leading to large 

drifts in the results over a short period of time. However, due to the ongoing aspect 

of the spectrophotometric system in development at NOCS, no further trial was 

conducted for the present study.  

2.3. DIC and TA measurements 

2.3.1. The VINDTA 3C  

The instrument used for the determination of DIC and TA is the VINDTA 3C 

(Versatile INstrument for the Determination of Titration Alkalinity), from Marianda 

(Germany), connected with a coulometer (5011, UIC). The titration and calculation 

are controlled by LabVIEW software. All samples are measured at 25 ºC following 

temperature regulation using a water-bath (F12, Julabo). Repeated measurements on 

the same batch of seawater (n ≥ 3) were run every day of analysis, prior to the 
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samples, in order to assess the precision of the method. Certified Reference Materials 

(CRM) from A.G. Dickson (Scripps Institution of Oceanography) were used as 

standards to calibrate the system at the beginning of each day of analysis (batches 71, 

75, 81, 90 and 91 were used in this study). A CRM is also run at the end of each day 

of analysis to check for any instrument drift. The replicate analysis on the CRMs 

showed good precision for both DIC and TA, with a precision within bottle of 2.2 ± 

1.5 and 1.9 ± 1.5 µmol kg
-1

 (1ζ) for DIC and TA, respectively; and a precision 

between bottles of 2.4 ± 1.7 and 2.9 ± 1.6 µmol kg
-1

 (1ζ) for DIC and TA, 

respectively (within the same batch of CRM and within the same batch of acid). A 

correction factor was applied to all measured values (Millero et al. 1998b) in order to 

normalize the measured values (for both TA and DIC, equation 2.28):  

Corrected Value = Measured Value x (CRMcert/CRMmeas)   (2.28) 

Where CRMcert corresponds to the certified value of the CRM used. 

2.3.2. Dissolved Inorganic Carbon 

All the DIC samples were analyzed using a coulometric titration. Prior to the 

analysis, the sample (20 ml) was acidified with phosphoric acid (10%) which 

resulted in the conversion of all species of total dissolved inorganic carbon into CO2 

gas. The generated CO2 was carried into the coulometric cell (containing 

ethanolamine HOCH2CH2NH2, and a thymolphtalein indicator) using an inert gas 

(N2); and the hydroxyethylcarbamic acid (HOCH2CH2NHCOOH) formed was 

titrated coulometrically with the hydroxide ions generated (equations 2.29 to 2.32).  

CO2 + HOCH2CH2NH2 = HOCH2CH2NHCOOH    (2.29) 

Ag° = Ag
+
 + e

-
        (2.30) 

2H2O + 2e
-
 = H2(gas) + 2OH

-
       (2.31) 

HOCH2CH2NHCOOH + OH
-
 = HOCH2CH2NHCOO

-
 + H2O  (2.32) 

The purged CO2 causes the indicator to fade and the percentage of transmittance 

(%T) of the thymolphtalein indicator to increase, automatically activating the 

titration current. The end of the titration is determined spectrophotometrically when 
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the final transmittance of the solution is kept at a constant value (29%T). In order to 

remove any water vapor from the carrier gas, a condenser is placed before the 

coulometric cell and connected to a Peltier cooler (custom-made) set to a temperature 

just above freezing (ideally between 1 and 2 °C). The titration can last for up to 20 

min, or until 4 endpoints are found. The endpoint is defined as an increment lower 

than the blank determined at the beginning of each day (blank ideally comprised 

between 50-70 counts per min, with an upper limit set to 100 counts per min). 

The VINDTA 3C system used in this study is similar to the SOMMA (Single-

Operator Multi-Metabolic Analyzer) system in terms of procedure and performance. 

The latter is however calibrated with known volumes of pure CO2 gas (Johnson et al. 

1993), allowing for an extra calibration of the system (in addition to CRMs 

measurements). 

2.3.3. Total Alkalinity 

Total Alkalinity of the samples was determined using a closed-cell titration (Dickson 

et al. 2007). The sample of seawater (100 ml) was titrated with 0.1 M hydrochloric 

acid (HCl) prepared in 0.7 M sodium chloride (NaCl) in order to maintain the ionic 

strength in the titration cell close to the ionic strength of the sample. The acid was 

added in small increments (150 µl) until the carbonic acid equivalence point was 

reached (protonation of carbonate and bicarbonate ions). A glass electrode/reference 

electrode system monitored the titration (measurement of the electromotive force). 

The end-point is determined using the change in pH, measured with the emf (Nernst 

slope not E0 adjusted), against the volume of acid added to the sample. The emf and 

the total volume of acid added allow the calculation of total alkalinity based on a 

non-linear curve fitting (least-squares) approach (Dickson et al. 2007).  

2.4. Calculation of the carbonate system 

The measurement of any two parameters of the carbonate system allows the 

calculation of the other ones (including the saturation state of calcite and aragonite, 

the carbonate and bicarbonate ion concentrations, etc…) through the use of the 

appropriate thermodynamic constants. Although several programs are available for 
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the calculation of the carbonate system parameters, only the CO2 SYS program 

(Lewis and Wallace 1998) was used in this study. 

As mentioned in chapter 1, the carbonate system is characterized by its complex 

equations and associated thermodynamic constants. Reliable equilibrium constants of 

carbonic acid (first and second acidity or dissociation constants, K1
*
 and K2

*
; 

equations 2.33 and 2.34) are needed to determine accurately the carbonate system 

and these dissociation constants are highly dependent on temperature, salinity and 

pressure (Zeebe and Wolf-Gladrow, 2001; Lee et al. 2000). The dissociation 

constants K1
*
 and K2

*
 are associated with equations 1.6 and 1.5, respectively (chapter 

1). 

K1
∗  =  

 H+ [HC O3
−]

[CO2]
           (2.33) 

 K2
∗ =  

 H+ [CO3
2−]

[HC O3
−]

            (2.34) 

Several sets of constants are available in the literature (Hansson 1973; Mehrbach et 

al. 1973; Goyet and Poisson 1989; and Roy et al. 1993), and the calculation of the 

carbonate system parameters associated with the different sets of constants can lead 

to large differences (Table 2.2). However, only the Mehrbach et al. (1973) constants 

have been determined in sea water, whereas the other ones have been determined in 

artificial sea water (Mojica Prieto and Millero 2002; Lee et al. 2000).  

The constants of Mehrbach et al. (1973), refitted by Dickson and Millero (1987) are 

therefore recognized as the most reliable for studies in sea water (Mojica Prieto and 

Millero 2002; Lee et al. 2000; Lueker et al. 2000; Lamb et al. 2002; McElligott et al. 

1998; Ohline et al. 2007), while the other sets of constants have been shown to be 

suitable for artificial sea water (Mojica Prieto and Millero 2002).  

The CO2SYS.EXE program was used to calculate the carbonate system parameters 

from any two variables measured (Lewis and Wallace 1998; Pierrot et al. 2006), 

along with the equilibrium constants of CO2 (K1 and K2) of Mehrbach et al. (1973), 

refitted by Dickson and Millero (1987). The salinity, temperature and nutrients data 
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of the sample at the time of collection are required in order to recalculate the CO2 

system parameters.  

Constants pHSWS 

pCO2 

(µatm) 

CO2(aq) 

(µmol kg
-1

) 

HCO3
-

(µmol kg
-1

) 

CO3
2-

 

(µmol kg
-1

)
 

Roy et al. 1993 8.08 353 10.0 1735 255 

Hansson 1973 8.10 343 9.7 1739 251 

Mehrbach et al. 1973 8.11 327 9.3 1742 249 

Table 2.2. Calculated carbonate parameters using the different sets of constants (DIC 

= 2000 µmol kg
-1

, TA = 2350 µmol kg
-1

, S = 35, T = 25 °C) (Zeebe and Wolf-

Gladrow 2001). 

Amongst the different pairs used for the calculation, however, some pairs have been 

shown to be more reliable than others (Table 2.3) and to lead to better precision. The 

results of the recalculation will hence depend on the precision and accuracy of the 

two parameters measured or used for the calculation. 

Reference Pair used Error observed 

McElligott et al. (1998) 

pH-DIC 

pH-TA 

DIC-TA 

ΔfCO2 = ±1% 

ΔfCO2 = ±1% 

ΔfCO2 = -2% to +10% 

 
Lee et al. (2000) 

pH-DIC 

TA-DIC 

ΔTA = ±3 µmol kg
-1 

ΔfCO2 = ±1% 

Lueker et al. (2000) TA-DIC ΔfCO2 = 0-3% below 500 µatm 

Lamb et al. (2002) 
fCO2-DIC 

pH-DIC 

ΔTA = 6 µmol kg
-1

 

ΔTA = 4-5 µmol kg
-1

 

Ohline et al. (2007) pH-TA ΔpCO2 = ±1.15% 

Table 2.3. Errors found in the literature from recalculation using the Mehrbach et al. 

(1973) constants and different pairs of the carbonate system parameters.  

2.5. Conclusion 

In order to understand and quantify the impact of ocean acidification on marine 

organisms and biogeochemical cycles, the requirement to obtain high frequency and 

quality oceanic pH measurements is getting more and more important. While 

spectrophotometric pH measurements are recommended to investigate the inter-
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annual variability in oceanic pH, the potentiometric pH method was shown to be 

highly efficient for observations of seasonal changes in pH (during periods of high 

biological activity) and mesoscale activity. Despite a precision and accuracy inferior 

to what is reported for spectrophotometric measurements, both spatial and temporal 

high resolution data can be achieved using the potentiometric method which will 

help provide a better understanding of the natural processes driving changes in pH. 

In addition to high precision pH measurements, the determination of DIC and TA in 

sea water will allow the calculation of the other parameters of the carbonate system 

through the use of the appropriate thermodynamic constants. This combined effort is 

necessary in order to determine the contribution of physical and biological processes 

to the variability of the carbonate system. 
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Chapter 3 

Contrasting effects of temperature and winter 

mixing on the seasonal and interannual 

variability of the carbonate system in the 

Northeast Atlantic Ocean 
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Abstract 

Future climate change as a result of increasing atmospheric CO2 concentrations is 

expected to strongly affect the oceans, with shallower winter mixing and consequent 

reduction in primary production and oceanic carbon drawdown in low and mid-

latitudinal oceanic regions. Here we test this hypothesis by examining the effects of 

cold and warm winters on the carbonate system in the surface waters of the Northeast 

Atlantic Ocean for the period between 2005 and 2007. Monthly observations were 

made between the English Channel and the Bay of Biscay using a ship of opportunity 

program. During the colder winter of 2005/2006, the maximum depth of the mixed 

layer reached up to 650 meters in the Bay of Biscay, whilst during the warmer (by 

2.6 ±0.5 °C) winter of 2006/2007 the mixed layer depth reached only 300 meters. 

The inter-annual differences in late winter concentrations of nitrate (2.8 ±1.1 µmol l
-

1
) and dissolved inorganic carbon (22 ±6 µmol kg

-1
), with higher concentrations at 

the end of the colder winter (2005/2006), led to differences in the dissolved oxygen 

anomaly and the chlorophyll a-fluorescence data for the subsequent growing season. 

In contrast to model predictions, the calculated air-sea CO2 fluxes (ranging from +3.7 

to -4.8 mmol m
-2

 d
-1

) showed an increased oceanic CO2 uptake in the Bay of Biscay 

following the warmer winter of 2006/2007 associated with wind speed and sea 

surface temperature differences.  
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3.1. Introduction 

Since the late 1700s, the atmospheric concentration of CO2 has increased from 280 to 

380 ppm and the oceans have absorbed about half of the anthropogenic CO2 emitted 

to the atmosphere (Sabine et al. 2004). While some oceanic regions act as a source of 

CO2 to the atmosphere, the North Atlantic Ocean is reported as one of the strongest 

sinks in the world (Takahashi et al. 2009; Takahashi et al. 2002; Gruber et al. 2002). 

The uptake of atmospheric CO2 by the oceans is however lowering oceanic pH and 

the saturation state of calcium carbonate (Orr et al. 2005; Feely et al. 2004; Caldeira 

and Wickett 2003). Coccolithophores, coral reefs and other major calcifiers are 

expected to be affected by future changes in the oceanic carbonate chemistry and pH 

(Fabry 2008).  

Climate change is predicted to reduce the capacity of the oceans to absorb CO2 

through a decrease in winter mixing and a consequent reduced nutrient supply to 

surface layers and lower primary productivity during the following spring bloom 

(Sarmiento et al. 1998; Bopp et al. 2001; Doney et al. 2009b). The North Atlantic 

sink of CO2 has been in decline during the last few decades, related to changes in the 

North Atlantic Oscillation (NAO), surface circulation, vertical winter mixing, 

inorganic carbon chemistry, and/or sea surface warming (Schuster et al. 2009; Doney 

et al. 2009b; Schuster and Watson 2007; Corbière et al. 2007; Thomas et al. 2008).  

However, the natural small-scale variability of the carbonate system observed in the 

oceans on a seasonal and inter-annual basis often makes the prediction of long-term 

impacts more difficult (Bates et al. 1996a), and highlights the importance of 

understanding the variability of the carbonate system on a regional and global scale. 

Time-series programs such as the Bermuda Atlantic Time-Series (BATS), the 

European Station for Time-series in the Ocean, Canary Islands (ESTOC), and the 

Hawaii Ocean Time-Series (HOTS) have improved our understanding of the 

processes affecting the carbonate system (e.g. Bates 2007; González-Dávila et al. 

2003a; Dore et al. 2009). A significant number of other high-resolution observational 

programs are now operational (Doney et al. 2009b), including observations from 
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ships of opportunity as part of the FerryBox program (Hydes et al. 2003) and the 

CarboOcean project. 

The FerryBox route presented in this study covers about 1000 km from the highly 

productive and well-mixed waters of the English Channel, to the deep oligotrophic 

and seasonally stratified waters of the Bay of Biscay (Borges et al. 2006). Due to a 

complex physical context, the carbonate system and primary production in the 

English Channel and adjacent areas are subject to large seasonal and spatial 

variability (Frankignoulle et al. 1996a and b; Wollast and Chou 2001; Bargeron et al. 

2006). 

The observations made on a ship of opportunity, the MV Pride of Bilbao, constitute a 

unique dataset of carbonate chemistry measurements in the Northeast Atlantic Ocean 

surface waters, for two consecutive years. The aim of this work was to observe the 

natural processes affecting the seasonal and inter-annual variability of the carbonate 

system and the air-sea CO2 flux in the English Channel and the Bay of Biscay. These 

observations, linked with the changes in winter mixing observed within the two years 

of our study, will provide a better understanding on how this ocean region may be 

affected by future climate change. 

3.2. Methods 

3.2.1. Area of study 

The sample collection was undertaken on the ship of opportunity MV Pride of 

Bilbao, a passenger ferry undertaking weekly crossings between Portsmouth (UK) 

and Bilbao (Spain). The route covers the area between the Portsmouth harbour and 

the Iberian shelf (Figure 3.1), crossing eight regions of different oceanographic 

characteristics (Bargeron et al. 2006). However, only the section between the Central 

English Channel and the Southern Bay of Biscay will be taken into account in this 

study (zones 2 to 7 in Figure 3.1), as no samples were collected in the harbour 

regions. Thirteen crossings were occupied by researchers between September 2005 

and July 2007 (Table 3.1). 
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Figure 3.1. Location of the FerryBox route and sub-regions associated: (1) 

Portsmouth Harbour; (2) Central English Channel; (3) Western English Channel; (4) 

Ushant region; (5) Shelf break; (6) Northern Bay of Biscay; (7) Southern Bay of 

Biscay; (8) Iberian Shelf. The sampling positions for each crossing are shown as well 

as the MV Santa Maria track (Figure adapted from Kelly-Gerreyn et al. 2006). 

 3.2.2. Sampling 

All samples were collected from the ship‟s underway supply (intake at about 5 m 

depth). Samples for Dissolved Inorganic Carbon (DIC) and Total Alkalinity (TA) 

were drawn, unfiltered, in 250 ml borosilicate glass bottles (Schott Duran), with a 

head space of 1% (2.5 ml) allowed for water expansion, and immediately poisoned 

with 50 µl saturated solution of mercuric chloride to prevent further biological 

activity (Dickson et al. 2007). Samples were collected every four hours and stored 

for later analysis in the laboratory.  

Date DIC and TA samples Date DIC and TA samples 

26 Sep – 29 Sep 05 34 (DIC only) 18 Oct – 19 Oct 06 39 

14 Dec – 15 Dec 05 33 10 Feb – 11 Feb 07 34 

28 Feb – 02 Mar 06 40 04 Apr – 05 Apr 07 33 

10 Apr – 11 Apr 06 21 10 May – 11 May 07 28 

10 May – 12 May 06 15 04 Jun – 06 Jun 07 32  

12 Jun – 15 Jun 06 27 10 Jul – 12 Jul 07 19  

09 Jul – 11 Jul 06 16   

Table 3.1. Crossing dates (Portsmouth to Bilbao) between 2005 and 2007. 
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Continuous temperature, conductivity and chlorophyll a-fluorescence measurements 

were obtained from a MINIpack system (Chelsea Technologies Group, UK) installed 

on the ship (Hydes et al. 2003). The salinity data was calibrated using samples taken 

every two hours on each researcher-occupied crossing, and analysed at the NOCS 

calibration laboratory using a salinometer (8400 B Autosal, Guildline, Canada). The 

precision and accuracy of the salinity measurements were ±0.1.  

Nutrient samples were collected every half hour during the occupied crossings and 

analysed at NOCS using standard methods on an auto-analyser for silicate, total 

nitrate (nitrate plus nitrite) and phosphate (Grasshoff 1983). The precision and 

accuracy of the nutrient concentrations were ±0.1 µmol l
-1

 for nitrate and silicate, and 

±0.02 µmol l
-1

 for phosphate.
 
Dissolved oxygen concentrations were obtained using 

an optode (3930, Aanderaa, Norway) installed on the ship, and calibrated with 

discrete samples collected every hour and analysed on board by Winkler titration 

(Hydes et al. 2009). The precision and accuracy of the oxygen measurements were 

±1 mmol m
-3

 (Hydes et al. 2009). 

 3.2.3. DIC and TA measurements 

The analysis of DIC and TA was undertaken using the VINDTA 3C (Marianda, 

Germany). The DIC samples were analysed using a coulometric titration (coulometer 

5011, UIC, USA) and TA was determined using a closed-cell titration according to 

Dickson et al. (2007). The cell (100 ml) for the TA determination was equipped with 

a pH half cell electrode (glass bodied Orion 8101SC, Ross, USA) and an Ag/AgCl 

reference electrode (model 6.0729.100, Metrohm, Switzerland). The calculation of 

TA was based on a non-linear curve fitting (least-squares) approach (Dickson et al. 

2007). All samples were analyzed at 25 ºC (±0.1 ºC) with temperature regulation 

using a water-bath (Julabo F12, Germany).  

Repeated measurements on the same batch of seawater (n≥3) were undertaken every 

day prior to sample analysis, in order to assess the precision of the method which 

was estimated for the whole dataset to be 1.1 ± 0.5 µmol kg
-1

 for DIC and 1.1 ± 0.6 

µmol kg
-1

 for TA. The analytical precision hence was within the previously reported 

precision range for TA and DIC measurements (Bates et al. 1996a and b; Millero et 
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al. 1998a). Certified Reference Materials (from A.G. Dickson, Scripps Institution of 

Oceanography) were analysed as standards to calibrate the instrument at the 

beginning and end of each day of analysis. A daily correction factor was applied to 

all measured values according to Millero et al. (1998b), in order to standardize the 

results. To remove the influence of salinity on the distribution of DIC and TA, the 

data was normalized (nDIC and nTA) to a salinity of 35 (Millero et al. 1998a): 

   nDIC = DIC*(35/S)                            (3.1) 

   nTA = TA*(35/S)   (3.2) 

Where S is the salinity observed. 

The fugacity of CO2 (fCO2) measurements available for the English Channel for the 

period 2006 and 2007 from the ship of opportunity MV Santa Maria (Schuster et al. 

2009; Figure 3.1) were used along with our TA, temperature, salinity and nutrient 

data to corroborate values of DIC. The in situ fCO2 measured was corrected for the 

difference between in situ and equilibrator temperature (Schuster et al. 2007). The 

time and position of measurements in the English Channel by the MV Santa Maria 

and Pride of Bilbao matched well (Figure 3.1). The calculation was done using the 

CO2SYS program (Pierrot et al. 2006), and the equilibrium constants of CO2 from 

Mehrbach et al. (1973), refitted by Dickson and Millero (1987), were used for the 

calculation (Wanninkhof et al. 1999). The uncertainty in the calculation of DIC from 

TA and fCO2 measurements was estimated to ± 3.4 µmol kg
-1 

(Zeebe and Wolf-

Gladrow 2001).  

The DIC values calculated using the MV Santa Maria fCO2 data and our TA 

measurements showed good agreement with our DIC measurements (Pride of 

Bilbao) for the months of December 2005, February 2006, April 2006, October 2006, 

and July 2007 (11 ±8 µmol kg
-1

; Appendix 1). The data for February, April, May and 

June 2007 showed however large differences between the calculated and the 

measured DIC values (42 ±5 µmol kg
-1

; Appendix 1). From these comparisons it 

became apparent that some of the 2007 DIC data from the Pride of Bilbao required 

correction. The calculated DIC concentrations for the English Channel were used 

where direct comparison with the MV Santa Maria data was possible, and a monthly 
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correction factor (calculated from the ratio between the measured and the calculated 

DIC concentrations) was applied to the February (2.3%), April (2.1%), May (2.1%) 

and June (1.7%) 2007 DIC data from the Pride of Bilbao.  

3.2.4. Coccolithophore abundance 

Up to 2 l of seawater were pre-filtered through a 200 µm mesh to prevent 

zooplankton grazing during the filtration. The samples (collected at the same time as 

the DIC and TA samples) were filtered onto 0.4 μm membrane filters of 47 mm 

diameter (Isopore, Millipore, USA) using a vacuum of 400-500 mm Hg (reduced to 

100 mm Hg towards the end of the filtration). A glass fibre filter (GF/F, Whatman, 

UK) was placed underneath the filters to ensure an even distribution of the material 

on the filter. Filters were rinsed with an ammonium hydroxide solution (approximate 

pH 9 to 10) to remove seawater salts, left to air-dry and stored in dark and dry 

conditions. Before analysis, a small piece of each filter was cut radially, placed on a 

stub and gold-coated. A Scanning Electron Microscope (Leo 1450VP, Carl Zeiss, 

Germany) and automated software (SmartSEM, V05.01, Carl Zeiss, Germany) were 

used to capture and store all images (Tyrrell et al. 2008). The number of 

coccospheres in each sample was counted on each scanning electron micrograph 

(SEM) taken (225 per filter, equivalent to an area of 1 mm
2
) at 5000x magnification. 

3.2.5. Air-Sea CO2 flux calculation 

The air-sea CO2 fluxes (F, in mmol m
-2

 d
-1

) were calculated as follows (Wanninkhof 

1992) for the three day period of each crossing: 

F = kαΔpCO2    (3.3) 

Where ΔpCO2 (µatm) is the difference between oceanic partial pressure of CO2 

(pCO2) and atmospheric pCO2 (a negative flux would hence correspond to a net 

transfer of CO2 from the atmosphere to the ocean), k is the gas transfer velocity (m s
-

1
), and α is the solubility coefficient of CO2 (mol atm

-1
 m

-3
). The atmospheric pCO2 

data was obtained from the Mace Head (53.33 ºN; RAMCES/LSCE monitoring 

network) and the Azores meteorological stations (38.77 ºN; NOAA/ESRL Global 
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monitoring division) and averaged for each crossing. The average difference in 

atmospheric pCO2 observed between the two stations was 1.1 ±0.5 µatm (r = 0.988; 

n= 92). The oceanic pCO2 data were calculated from the DIC and TA data obtained 

in this study and averaged for each crossing and each region. The solubility 

coefficient of CO2 (α) was calculated according to Weiss (1974). The equation of 

Nightingale et al. (2000), based on an extensive data set of tracer release experiments 

over a wide range of wind speed measurements (Schuster et al. 2009), was used for 

the calculation of the gas transfer velocity (k). The equation from Sweeney et al. 

(2007) was used for comparison and the fluxes calculated following these two 

equations agreed within 0.05 ±0.04 mmol m
-2

 d
-1

. The wind speed data used for the 

calculation of the gas transfer velocity were obtained from the daily QuikSCAT 

satellite data (Physical Oceanography DAAC Ocean ESIP Tool (POET) 

http://poet.jpl.nasa.gov/), monthly averaged for each of the six regions studied. The 

wind speed data were obtained for 10 m height on a 0.25° spatial resolution.  

3.2.6. External sources of data 

In addition to the chlorophyll a-fluorescence data obtained from the MINIpack, the 

8-days averaged SeaWIFS chlorophyll-a data (OBPG SeaWIFS 8-day 9-km products 

http://reason.gsfc.nasa.gov/OPS/Giovanni/ocean.swf8D.shtml; NASA Ocean Color 

Time-Series) from the Bay of Biscay and the English Channel for the period between 

2005 and 2007 were used to investigate the inter-annual variability.  

In order to determine the mixed layer depth (MLD) we used data from four Argo 

floats located in the Bay of Biscay for the period of our study (4900557, 6900359, 

6900360, and 6900362; http://www.coriolis.eu.org/cdc/argo.htm). The MLD was 

estimated according to the temperature and density criteria which defines the MLD 

as the shallowest depth corresponding to a temperature or density difference with the 

surface waters of more than ΔT = 0.5 °C and Δζt = 0.125, respectively (Monterey 

and Levitus 1997).  
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3.3. Results and discussion 

3.3.1. Salinity, temperature and nitrate 

A decrease in salinity and temperature with increasing latitude was observed for each 

crossing (Figure 3.2a and 3.2b). The salinity distribution did not show a strong 

variation throughout the year and ranged for the whole study between 35.2 in the 

Central English Channel and 35.8 in the Southern Bay of Biscay. Lower salinities of 

approximately 34.8 were observed in the Ushant region in April 2006 due to 

freshwater inputs from the French rivers Loire and Gironde (Kelly-Gerreyn et al. 

2006). Surface waters in February 2007 were warmer than in February 2006 by 2.6 

±0.5 °C for all regions; whereas July 2007 surface water temperatures were lower 

than July 2006 by 2.0 ±0.7 °C.  

Enhanced nitrate concentrations were observed during the winter months, with 

depleted levels in summer (Figure 3.2c). Surface nitrate concentrations were higher 

during the 2005/2006 winter than during the 2006/2007 winter, whilst summer 

nitrate concentrations were below 0.05 µmol l
-1

 for both years and all regions. In the 

Bay of Biscay, surface nitrate concentrations were higher (up to 8.0 µmol l
-1

) during 

the winter 2005/2006 than the values reported for the 2003/2004 winter (up to 4.5 

µmol l
-1

 in February 2004) by Bargeron et al. (2006), whilst in winter 2006/2007 

they were comparable (up to 4.1 µmol l
-1

) to those of the 2003/2004 winter 

(Bargeron et al. 2006). From the English Channel to the Shelf Break, nitrate 

concentrations in the 2005/2006 winter were similar to the 2003/2004 winter 

(Bargeron et al. 2006) with an average winter concentration of 7.3 µmol l
-1

, whilst 

during the 2006/2007 winter they were lower than during the winter 2003/2004 

(Bargeron et al. 2006) with an average concentration of 5.4 µmol l
-1

. 

3.3.2. Dissolved oxygen anomaly and chlorophyll a-fluorescence 

The dissolved oxygen anomaly at standard pressure (Δ[O2]
o
) was calculated from the 

measured dissolved oxygen concentration ([O2]obs) and the saturation oxygen 

concentration ([O2]
o
sat) according to Bargeron et al. (2006); a positive value 

indicating supersaturation: 

Δ[O2]
o
 = [O2]obs - [O2]

o
sat            (3.4) 
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Figure 3.2. Monthly mean of (a) sea surface salinity, (b) sea surface temperature (°C), 

(c) surface nitrate concentration (µmol l
-1

), (d) dissolved oxygen anomaly (mmol m
-3

)
 

and (e) chlorophyll a-fluorescence (arbitrary units)
 
distribution averaged for each 

region: Central English Channel (dashed red line; circles); Western English Channel 

(blue line; circles); Ushant (green line; triangles); Shelf Break (dashed purple line; 

triangles); Northern Bay of Biscay (black line; squares); Southern Bay of Biscay 

(short dashed blue line; squares). The error bars represent the standard deviation for 

each mean. Data points are linearly interpolated between sampling points to allow a 

clear distinction of observations between regions. It should not be assumed that the 

interpolation provides an accurate estimate of the missing data.  
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The oxygen anomaly distribution (Figure 3.2d) showed maxima during periods of 

high primary production in spring times, and minima during the winter months when 

oxygen-depleted waters were brought to the surface due to winter mixing (Hydes et 

al. 2008), resulting in oxygen supersaturated surface waters in spring and 

undersaturated waters in winter. During spring 2006, dissolved oxygen anomalies 

were higher than in spring 2007 (up to 53.7 and 39.3 mmol m
-3

, respectively), whilst 

during the 2005/2006 winter, they were lower than during the 2006/2007 winter (-2.8 

and 3.9 mmol m
-3

, respectively). This suggested a shallow winter mixing in 

2006/2007, supported by the lower nitrate concentrations (Figure 3.2c) observed in 

the winter of 2006/2007 compared to 2005/2006. 

The chlorophyll a-fluorescence data (Figure 3.2e) provide an indication of the timing 

of peaks in primary production and of phytoplankton biomass present in the water. 

The data showed a similar temporal distribution to the oxygen anomaly, with 

maximum values during spring (23.4 and 13.6 arbitrary units for spring 2006 and 

2007, respectively) and minimum values during winter. The spring chlorophyll a-

fluorescence maximum in the Northern and Southern Bay of Biscay was almost 

twice as high (1.7 and 1.8 times higher, respectively) in 2006 compared to 2007 

(23.4 and 20.9 arbitrary units in 2006 as opposed to 13.6 and 11.7 in 2007 for the two 

regions), in agreement with the SeaWIFS time-series chlorophyll-a distributions 

(Figure 3.3).  

The chlorophyll a-fluorescence data for the Shelf Break and Ushant regions also 

indicated enhanced biomass (1.6 times higher) in 2006 compared to 2007 (20.9 and 

13.4 arbitrary units in 2006 as opposed to 12.7 and 8.6 in 2007 for the two regions). 

The English Channel waters have been described as optically-complex case 2 waters 

(Vantrepotte et al. 2007; Morel and Prieur 1977) and the interpretation of the optical 

signal can therefore be difficult and subject to errors. However, the SeaWIFS time-

series chlorophyll-a distributions (Figure 3.3) appeared to agree well with the 

temporal trend of the chlorophyll a-fluorescence data (Figure 3.2e), with little or no 

inter-annual variability observed in the Central and Western English Channel regions 

between the two years of our study (12.8 and 13.9 arbitrary units in 2006 and 12.8 

and 12.0 in 2007 for the two regions). 
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Figure 3.3. SeaWIFS chlorophyll-a distribution (8-days average) for the Bay of 

Biscay area (left) and the English Channel area (right) between September 2005 and 

July 2007. Graphs generated by NASA‟s Giovanni (giovanni.gsfc.nasa.gov). 

3.3.3. Total Alkalinity 

The TA concentrations ranged between 2319 µmol kg
-1

 and 2363 µmol kg
-1

 (Figure 

3.4a). The normalized TA ranged from 2286 µmol kg
-1

 to 2329 µmol kg
-1

 (Figure 

3.4b), with the exception of the Ushant anomaly in April 2006 (nTA = 2354 µmol 

kg
-1

) where a salinity anomaly was observed due to the influence of riverine inputs 

(Figure 3.2a). Corbière et al. (2007) reported similar values of nTA ranging between 

2327 µmol kg
-1

 (winter 2002) and 2289 µmol kg
-1

 (summer 2003) for the Northwest 

Atlantic subpolar gyre. A drawdown in nTA was observed in most of the regions 

during the crossings of May and July 2006 and corresponded with the highest cell 

abundances (up to 0.9x10
6
 cells l

-1
 and 0.4x10

6
 cells l

-1
, respectively) of Emiliana 

huxleyi, which was the dominant coccolithophore species observed on each crossing. 

All other crossings showed E. huxleyi abundances of less than 0.1x10
6
 cells l

-1
, 

which was about an order of magnitude lower than values reported during intense 

coccolithophore blooms in the North Atlantic (Holligan et al. 1993; Robertson et al. 

1994).  

The seasonal distribution of TA is controlled by production and dissolution of 

calcium carbonate, uptake and supply of nitrate (Brewer and Goldman 1976; Wolf-

Gladrow et al. 2007), and freshwater inputs or removal such as mixing, precipitation, 
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evaporation or river inputs (Tseng et al. 2007; Bates et al. 1996b). However, due to 

the low coccolithophore abundances observed in this study, it is expected that the 

production and dissolution of calcium carbonate was not the principal factor 

controlling the seasonal distribution of TA. 

 

Figure 3.4. Monthly mean concentrations (µmol kg
-1

) of (a) TA, (b) nTA, (c) DIC and 

(d) nDIC: Central English Channel (dashed red line; circles); Western English 

Channel (blue line; circles); Ushant (green line; triangles); Shelf Break (dashed purple 

line; triangles); Northern Bay of Biscay (black line; squares); Southern Bay of Biscay 

(short dashed blue line; squares). Each data point represents the average of several 

measurements made within one part of the transect (Figure 3.1). The error bars 

represent the standard deviation of each mean. Data points are linearly interpolated 

between sampling points to allow a clear distinction of observations between regions. 

It should not be assumed that the interpolation provides an accurate estimate of the 

missing data.  

The nTA distribution showed little variability, with the exception of the April 2006 

data in the Ushant region, which indicated limitation of the normalization procedure 

when dealing with riverine inputs into coastal waters. The Lee et al. (2006) algorithm 

for the North Atlantic Ocean was used to calculate TA from sea surface salinity and 

sea surface temperature (SST) data during the winter months. The measured TA 
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showed good consistency with the calculated data, with a mean difference of 5.9 

±4.3 µmol kg
-1

 (n=128), in agreement with the uncertainty reported by Lee et al. 

(2006). 

3.3.4. Dissolved Inorganic Carbon 

The DIC concentrations showed an overall increase with latitude for all crossings 

(Figure 3.4c), ranging from 2058 µmol kg
-1 

(September 2005, Ushant and Southern 

Bay of Biscay) to 2142 µmol kg
-1

 (April 2006, Western English Channel). The 

salinity-normalized DIC (nDIC) concentrations (Figure 3.4d) ranged from 2020 

µmol kg
-1

 (July 2006, Southern Bay of Biscay) to 2122 µmol kg
-1

 (April 2006, 

Western English Channel). Our DIC observations were in agreement with values 

previously reported for the North Atlantic by Corbière et al. (2007) and Robertson et 

al. (1994), where DIC values ranged from 2070 µmol kg
-1 

in summer to 2140 µmol 

kg
-1 

in winter. This also agrees with the range reported for the Norwegian Sea, with 

DIC values ranging between 2140 µmol kg
-1

 in winter and 2050 µmol kg
-1

 to 2080 

µmol kg
-1

 in summer (Findlay et al. 2008).  

The spring chlorophyll a-fluorescence maxima corresponded with periods of DIC 

drawdown (Figure 3.2e and 3.4c). The DIC values increased during the winter 

months corresponding to the decrease in the SST (Figure 3.2b) and the minimum in 

O2 anomaly (Figure 3.2d). During the winter of 2006/2007, however, the nitrate 

concentrations and the O2 anomaly suggested that the winter mixing was shallower 

than during the 2005/2006 winter for all regions except the Central and Western 

English Channel (Figure 3.2c and 3.2d), leading to a smaller increase in the DIC 

concentration during the winter of 2006/2007 for the same regions. 

3.3.5. Seasonal variability of DIC and nitrate 

Surface DIC and nitrate concentrations were higher in winter than in summer as a 

result of carbon and nutrient enriched deep waters being brought to the surface due to 

deep winter mixing (Tseng et al. 2007; Bates et al. 1996b). The increase in 

phytoplankton biomass observed during spring and early summer (as indicated by the 

chlorophyll a-fluorescence data in Figure 3.2e) resulted in a decrease in DIC 
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concentrations (Figure 3.4c), with a DIC minimum of 2063 µmol kg
-1 

observed in the 

Bay of Biscay in July 2006 and June 2007. The average seasonal amplitude for DIC 

and nitrate concentrations, respectively, from winter to spring was 62 µmol kg
-1

 and 

7.4 µmol l
-1

 in 2005/2006, and 35 µmol kg
-1

 and 4.7 µmol l
-1 

in 2006/2007. From late 

summer to early winter, an increase in surface water DIC was observed, resulting 

from the enhanced oceanic CO2 uptake from the atmosphere due to increasing CO2 

solubility in seawater with decreasing air and sea surface temperature (Zeebe and 

Wolf-Gladrow 2001). Entrainment by autumn storms of deep waters with higher DIC 

content also increased surface water DIC concentrations.  

Year Region 
ΔNitrate 

observed 

ΔDIC 

observed 

ΔDIC from 

Redfield 

6.6 ratio 

ΔDIC 

from 8.0 

ratio 

Observed 

DIC:NO3- 

ratio  CEC 7.3 50 48 58 6.8 

 WEC 7.2 58 47 57 8.1 

2005/  Ushant 6.2 63 41 49 10.2 

2006 Shelf Break 8.3 61 55 67 7.3 

 NBB 8.0 71 53 64 8.9 

 SBB 7.2 68 47 57 9.4 

Average 2005/2006 7.4 62 49 59 8.4 

 CEC 5.2 36 34 41 7.0 

2006/ WEC 5.3 45 35 42 8.5 

2007 Ushant 5.4 39 36 43 7.3 

 Shelf Break 4.5 25 30 36 5.7 

 NBB 3.9 29 26 31 7.5 

 SBB 4.0 36 26 32 9.0 

Average 2006/2007 4.7 35 31 38 7.5 

Table 3.2. Observed (differences based on the nitrate and DIC winter maximum and 

spring minimum) and estimated (from the DIC:NO3
-
 molar ratio) seasonal amplitude 

of DIC for the periods September 2005 to July 2006 and October 2006 to July 2007 

(CEC = Central English Channel; WEC = Western English Channel; NBB = Northern 

Bay of Biscay; SBB = Southern Bay of Biscay).  

We used a DIC:NO3
-
 molar ratio (calculated from the seasonal depletion of DIC and 

nitrate) to estimate the seasonal DIC amplitude expected due to nitrate drawdown 

(Table 3.2). This ratio ranged from 5.7 to 10.3 (Table 3.2), indicating strong carbon 

over-consumption in this region compare to nitrate consumption. An averaged ratio 

of 8.0 was shown to give a better estimate of the seasonal carbon consumption 
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between winter and summer than the Redfield ratio of 6.6. This disagreement with 

the standard Redfield C:N ratio is often observed in coastal waters due to a more 

efficient recycling of nitrogen compared to carbon (Sambrotto et al. 1993). A similar 

discrepancy was observed in separate studies of the Northeast Atlantic (Körtzinger et 

al. 2001) and the Norwegian Sea (Findlay et al. 2008), where the use of data on 

nitrate consumption and a Redfield C:N ratio (6.6) was also shown to significantly 

underestimate the carbon consumption.  

3.3.6. Influence of winter mixing on the carbonate system variability 

The cold winter of 2004/2005 in the Bay of Biscay with dry and cold north and 

northeasterly winds had a strong effect on the surface layer characteristics due to a 

decrease in SST and enhanced winter mixing (Somavilla et al. 2009). The heat losses 

from the ocean to the atmosphere for this winter in the Bay of Biscay resulted in the 

highest accumulated flux on record since the 1960s (Somavilla et al. 2009). The SST 

anomaly extended into the following winter (2005/2006), resulting in a second 

winter of deep winter mixing. The air temperature during the subsequent winter of 

2006/2007 was estimated to be the warmest on record for about 500 years 

(Luterbacher et al. 2007), causing warming of the surface ocean and a reduction in 

winter mixing.  

The winter MLD in the Bay of Biscay was estimated from the Argo floats 

temperature data to be between 450 and 650 meters in 2005/2006, and between 200 

and 300 meters in 2006/2007 (Figure 3.5). The MLD observed for 2006/2007 

corresponded to the average MLD observed between 2002 and 2004 (approximately 

200 m) for the Bay of Biscay (Padin et al. 2008). The deeper MLD during the 

2005/2006 winter resulted in higher surface winter concentrations of nutrients and 

DIC, and an enhancement of the spring bloom in the Bay of Biscay in 2006 (Figure 

3.2e and 3.3). The intensity of the spring bloom was reduced in 2007 as a result of a 

reduced winter mixing in 2006/2007. The inter-annual differences in DIC and nitrate 

concentrations were similarly affected by the difference in winter mixing in the Bay 

of Biscay, with winter nitrate concentrations 1.6 times higher in 2005/2006 compared 

with 2006/2007. This agreed with the differences in phytoplankton biomass, derived 
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from the chlorophyll a-fluorescence data, observed between the two years (ratio of 

1.7 between the two years).  

 

Figure 3.5. Argo float 6900362 temperature data for the Bay of Biscay for the period 

between August 2005 and July 2007 in the upper 600 meters (top panel), and mixed 

layer depths (MLD) calculated for the Argo floats 4900557 (short dashed line), 

6900359 (dotted line), 6900360 (long dashed line) and 6900362 (solid line) data 

(bottom panel) with ΔT (depth-surface) of -0.5 °C (blue line) and Δζt (depth-surface) 

of 0.125 (black line) for the period between August 2005 and July 2007 

(http://www.coriolis.eu.org/cdc/argo.htm). 

Inter-annual and seasonal variations in DIC concentrations in the North Atlantic 

Ocean have been reported to be dependent on the winter MLD and SST anomalies 

(Gruber et al. 2002; Bates 2001). The NAO has been shown to relate to changes in 

the MLD associated with anomalies in SST and convection (Dickson et al. 1996; 

Gruber et al. 2002). In this region, a more negative phase of the NAO is associated 

with stronger winter mixing, negative SST anomalies, higher winter DIC 
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concentrations (due to the deep supply from vertical mixing) and lower 

spring/summer DIC concentrations (due to increased primary production); whereas a 

more positive NAO phase is accompanied by warmer SSTs, less intense winter 

mixing, and a less pronounced seasonal cycle of DIC (Gruber et al. 2002).  

3.3.7. Air-Sea CO2 fluxes 

The calculated air-sea CO2 fluxes (FCO2) showed significant differences between the 

various regions (Figure 3.6). The English Channel acted as a seasonal source of CO2 

to the atmosphere during autumn and winter months and as a sink during spring and 

summer months (from +3.7 mmol m
-2

 d
-1

 in winter, to -4.4 mmol m
-2

 d
-1

 in summer). 

This is in agreement with other studies in this area (Frankignoulle et al. 1996a; 

Borges and Frankignoulle 2003; Padin et al. 2007). Heterotrophic processes 

involving degradation of the enhanced organic matter levels in the well-mixed waters 

of the English Channel explain the oversaturation of CO2 with the consequent CO2 

flux out of the water column during autumn and winter (Borges and Frankignoulle 

2003; Borges et al. 2006). In contrast, the Bay of Biscay acted as a sink of CO2 

during all seasons, with the exception of July 2006 for the Southern Bay of Biscay. 

Fluxes ranged between +0.2 and -3.9 mmol m
-2

 d
-1

, consistent with the results of 

Padin et al. (2008 and 2009) and Frankignoulle and Borges (2001). 

Despite a few gaps in the monthly data available for the flux estimates, a good 

coverage of the seasonal cycle was available for the two years. The air-sea fluxes 

showed clear differences between similar months in 2005/2006 compared with 

2006/2007, apart from the Central English Channel, the Western English Channel 

and the Ushant regions. The latter regions did not show a significant difference 

between the two years (paired t-test, p = 0.14, n = 18). In all other regions, May, June 

and July 2007 showed an increase in the oceanic CO2 sink, with the air-sea fluxes 

between 1.3 and 7.9 times larger compared with May, June and July 2006 (paired t-

test, p = 0.0004, n = 11; p = 0.009 for all months, n = 17).  
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Figure 3.6. Calculated monthly air-sea CO2 fluxes (mmol m
-2

 d
-1

; negative values 

indicate a net flux into the sea) for each region in 2005/2006 (dark grey) and 

2006/2007 (light grey).  

The wind speeds (Figure 3.7) were higher in February, May, June and July 2007 

compared to 2006, which may have influenced the air-sea CO2 flux differences 

observed in the Bay of Biscay and the Shelf break regions between the two years. 

The winter 2005/2006 was colder than winter 2006/2007 by 2.6 ºC, while the 
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summer of 2005/2006 was warmer than the summer of 2006/2007 by 2 ºC (Figure 

3.2b). This resulted in winter to summer SST differences of about 7.8 ºC in 

2005/2006 and 3.4 ºC in 2006/2007, leading to enhanced solubility of CO2 in the 

summer of 2007 compared to 2006.  

 

Figure 3.7. Monthly mean calculated sea surface pCO2 (µatm) for each region (upper 

plot with left axis), atmospheric pCO2 data (µatm; dotted grey line in upper plot with 

left axis), and QuikSCAT wind speed data (m s
-1

; lower plot with right axis). Central 

English Channel (dashed red line; circles); Western English Channel (blue line; 

circles); Ushant (green line; triangles); Shelf Break (dashed purple line; triangles); 

Northern Bay of Biscay (black line; squares); Southern Bay of Biscay (short dashed 

blue line; squares). Data points are linearly interpolated between sampling points to 

allow a clear distinction of observations between regions. It should not be assumed 

that the interpolation provides an accurate estimate of the missing data. 
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Varying parameter Season Value 
Flux 

calculated 

Seasonal 

difference 

Flux 

difference 

 Winter 2005/2006 10 -1.5   

Wind speed (m s-1) Summer 2006 6 -0.6 4 +0.9 

 Winter 2006/2007 11 -1.8   

 Summer 2007 8 -1.0 3 +0.8 

 Winter 2005/2006 10.8  -4.2   

Temperature (ºC) Summer 2006 18.6  +1.5 7.8 +5.7 

 Winter 2006/2007 13.4  -2.4   

 Summer 2007 16.8  +0.1 3.4 +2.5 

 Winter 2005/2006 2131 +2.7   

DIC (µmol kg-1) Summer 2006 2064 -3.5 67 -6.2 

 Winter 2006/2007 2111 +0.5   

 Summer 2007 2062 -3.7 49 -4.0 

Table 3.3. Effect of varying wind speed (m s
-1

), temperature (ºC) and DIC 

concentration (µmol kg
-1

) on the air-sea CO2 flux calculation in mmol m
-2

 d
-1

. Fluxes 

were calculated according to equation 3.3. The oceanic pCO2 values were calculated 

from DIC, TA, salinity, and temperature data using the CO2SYS program. The 

calculation considered only one varying parameter at a time while all other parameters 

were considered constant: TA = 2350 µmol kg
-1

; S = 35; T = 16; wind speed = 8 m s
-1

; 

DIC = 2100 µmol kg
-1

; and atmospheric pCO2 = 380 µatm. 

After the colder winter (2005/2006), the following seasonal changes occurred upon 

transition to summer (with their estimated impacts on the air-sea CO2 flux, in mmol 

m
-2

 d
-1

,
 
given in brackets, see Table 3.3 for method of calculation): wind speed 

decreased by 4 m s
-1

 (+0.9); temperature increased by 7.8 ºC (+5.7); and DIC 

decreased by 67 µmol kg
-1

 (-6.2). After the warmer winter of 2006/2007 however, 

the following seasonal changes occurred: wind speed decreased by 3 m s
-1

 (+0.8); 

temperature increased by 3.4 ºC (+2.5); and DIC decreased by 49 µmol kg
-1

 (-4.2). 

The seasonal changes in DIC and SST both had important impacts on air-sea flux of 

CO2 (Table 3.3). In terms of differences between years, it appears that the effects on 

air-sea CO2 flux of the greater seasonal warming following the colder winter (+3.2) 

and lower wind speed (+0.1) outweighed the effect of stronger spring blooms in 2006 

(-2.0). According to our analysis, the effect of the difference in winter mixing 

between the two years was therefore counteracted and in fact overwhelmed by the 

greater amount of warming of the surface waters. It was this latter factor, we 
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calculate, which led to a stronger CO2 sink in summer 2007 compared to summer 

2006. Our observations for the Bay of Biscay are consequently in contrast to recent 

model results for the stratified northern North Sea, where biological production, and 

not temperature, was emphasized as the main driver for the air-sea flux of CO2 

(Prowe et al. 2009). 

3.4. Conclusions 

The changes in winter mixing and SST observed between the two consecutive years 

of our study period showed lower-amplitude seasonal cycles of nitrate and DIC and 

an associated decrease in primary production following the warmer winter of 

2006/2007. While no particular changes were observed in the English Channel 

regions, elsewhere an enhanced carbon uptake from the atmosphere to the ocean was 

observed in the summer of 2007 compared to the summer of 2006. This occurred 

despite more intense phytoplankton blooms in spring 2006 compared with 2007.  We 

attribute the surprisingly lower ocean carbon uptake in summer 2006 to a greater 

amount of warming from winter to summer (SST increase of 8 °C between February 

and July in 2006, compared with only 3.4 °C in 2007). This greater degree of 

warming tended to increase surface ocean pCO2 towards higher values in summer 

2006, and was sufficiently strong to offset the effects of the stronger phytoplankton 

blooms in that year. Stronger winds in summer 2007 compared with summer 2006 

also contributed to an increased carbon uptake in summer 2007. While upper ocean 

stratification is expected to increase due to further CO2 emissions, with the prediction 

that this will lead to decreased oceanic CO2 uptake, we show in this study that a 

decrease in winter mixing can be followed by an increase in oceanic CO2 uptake 

during the following summer. Our study highlights the importance of winter to 

summer temperature differences in controlling the annual CO2 sink in temperate 

waters. These results are therefore important in order to understand how the oceans 

might respond to future climate change and accompanying changes in stratification 

and storm frequency in this oceanic region. 
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Chapter 4 

Control of the carbonate system by upwelling 

and respiration in the sub-tropical Northeast 

Atlantic Ocean 
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Abstract 

The distributions of four oceanic carbonate system parameters (Dissolved Inorganic 

Carbon, Total Alkalinity, partial pressure of CO2 and pHT) were determined in 

January and February 2008 in the sub-tropical Northeast Atlantic Ocean (12 to 29 

ºN; 16 to 36 ºW) as part of the UK SOLAS program. Spatial variability was observed 

for all the chemical parameters and was associated with the different water masses 

present in the area, the coastal upwelling associated with the Eastern Boundary 

Current, and the Northeast Atlantic oxygen minimum zone. A strong correlation was 

observed in the surface waters between the carbonate system parameters and 

hydrographic properties, which explained 64% of the observed variability. The air-

sea CO2 fluxes also showed large regional variations and ranged from +1.9 to -4.0 

mmol m
-2

 d
-1

. The northern part of the study area acted as a source of CO2 to the 

atmosphere, attributable to the coastal upwelling and the strong north-easterly trade 

winds observed north of the Cape Verde Islands, while the waters in the southern 

part acted as a CO2 sink. Enhanced DIC concentrations (> 2150 µmol kg
-1

) and low 

calcite and aragonite saturation states (ΩCa < 3 and ΩAr < 2) were observed just 

below 50 m depth in the southern part (south of 19 ºN). The DIC concentrations 

showed a strong correlation with the AOU (r = 0.97), associated with the 

remineralization of organic matter in the oxygen minimum zone. These results 

suggest that the carbonate chemistry in the sub-tropical Northeast Atlantic Ocean 

was controlled by both coastal upwelling and respiration.  
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4.1. Introduction 

Atmospheric CO2 concentrations are showing a continuous increase, with current 

values at approximately 390 ppm (Hofmann et al. 2009). Ocean uptake of 

anthropogenic CO2 is resulting in an annual decrease in surface ocean pH, which was 

recently estimated for the North Pacific Sub-tropical Gyre to -0.0019 y
-1

 (Dore et al. 

2009; Doney et al. 2009a); and a decrease in the saturation state of calcium carbonate 

(Feely et al. 2004; Orr et al. 2005). The ability of marine calcifying organisms to 

build and maintain their calcite and aragonite shells is thought to be compromised by 

the changes in the oceanic carbonate system (Orr et al. 2005). Superimposed on the 

gradual changes of the oceanic carbonate system due to anthropogenic CO2 uptake, is 

the natural spatial and temporal variability resulting from physical and biological 

processes, including wind stress, deep water mixing, ocean boundary upwelling, 

photosynthesis and respiration and ocean warming or cooling (Doney et al. 2009b 

and c; Dumousseaud et al. 2010; Gruber et al. 2002).  

The region of the sub-tropical northeast Atlantic Ocean is strongly influenced by the 

highly productive coastal upwelling system off the Northwest African coast and the 

oxygen minimum zone south of the Cape Verde Islands (Pérez et al. 2001; Stramma 

et al. 2008a and b; Stramma et al. 2005; Fisher et al. 2007; Carr 2002). The 

upwelling system is bounded by the flow of the Canary Current and the North 

Equatorial Current (Fisher et al. 2007; Tomczak and Godfrey 2003).  

Coastal upwelling processes can determine short and long term variability of the 

carbonate system and regional CO2 fluxes, and can be of particular importance to the 

global carbon cycle (Santana-Casiano et al. 2009; Feely et al. 2008; Torres et al. 

1999). Moreover, competing effects can be observed in upwelling regions due to the 

high supply of nutrients leading to enhanced biological activity and consequent 

entrainment of anthropogenic CO2; while low-pH and CO2 supersaturated waters are 

brought to the surface leading to CO2 outgassing from the ocean to the atmosphere. 

This was recently reported for the upwelling system along the US West Coast where 

entrainment of anthropogenic CO2 resulted in low pH waters (< 7. 75) and 

undersaturation with respect to aragonite (ΩAr < 1) (Feely et al. 2008).  
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The sub-tropical northeast Atlantic Ocean is characterized by complex current and 

water mass systems (Stramma et al. 2005; Stramma et al. 2008a; Mittelstaedt 1983). 

The water masses in the upper 800 m characterized in this region include the 

Tropical Surface Waters (TSW), the sub-surface Central Waters (CW) and the 

Antarctic Intermediate Waters (AAIW). The Central Waters are composed of the 

North Atlantic Central Waters (NACW) and the South Atlantic Central Waters 

(SACW), themselves delimited by the Cape Verde Frontal Zone located north of the 

Cape Verde Islands (around 21 ºN) and which acts as a frontier between the more 

saline NACW and the less saline SACW (Pierre et al. 1994; Fisher et al. 2007). The 

distribution of the water masses is strongly affected by the near-surface current 

system (Figure 4.1), composed of the Canary Current, the North Equatorial Current 

(NEC), and the North Equatorial Counter Current (NECC) (Stramma et al. 2005, 

Stramma and Müller 1989).  

Hydrographic properties have been described in detail for the sub-tropical northeast 

Atlantic, but the observations of the carbonate system distribution reported for this 

oceanic region have mainly focused on the northern part, west of Spain (González-

Dávila et al. 2003b; Álvarez et al. 1999), and north of the Canary Islands (Pérez et al. 

2001). In addition, carbonate system measurements have been reported since 1994 

for the ESTOC (European Station for Time-series in the Ocean, Canary Islands) 

station, located north of the Canary Islands (29 °N, 15 °W; Santana-Casiano et al. 

2007).  

The understanding of the physical and biological processes that determine the 

carbonate system variability in the present ocean is of particular importance in order 

to predict future changes associated with climate change, including enhanced ocean 

temperatures, stratification and increased storminess (Lovenduski et al. 2008; Le 

Quéré et al. 2007; Bopp et al. 2001). The aim of this study was to determine the key 

processes controlling the carbonate chemistry in the sub-tropical northeast Atlantic 

Ocean. Simultaneous measurements of the four measurable parameters of the 

carbonate system were undertaken (Dissolved Inorganic Carbon (DIC), Total 

Alkalinity (TA), partial pressure of CO2 (pCO2) and pHT). A comparison of the 

relative changes of these carbonate parameters will be discussed as well as their 
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variability with regard to the influence of the coastal upwelling, the oxygen 

minimum zone, and the water masses present in the area. 

 

Figure 4.1. D326 cruise track (blue) and stations location (red dots). The black arrows 

represent the near-surface currents found in the region: the Mauritania Current (MC); 

the Canary Current (CC); the North Equatorial Current (NEC); and the North 

Equatorial Counter Current (NECC). The location of the Cape Verde Frontal Zone 

(CVFZ) is represented by a black dashed line (adapted from Mittlestaedt 1983; 

Stramma et al. 2005 and 2008). 

4.2. Methods 

The cruise D326 took place in the period between January 5
th

 and February 5
th

 2008 

in the sub-tropical Northeast Atlantic (Figure 4.1) aboard the RRS Discovery as part 

of the UK SOLAS (Surface Ocean – Lower Atmosphere Study) program. 

Continuous sea surface temperature (SST) and sea surface salinity (SSS) data were 

obtained every minute from the ThermoSalinoGraph (TSG; FSI temperature and 

conductivity sensor), while continuous surface chlorophyll-a fluorescence data were 

obtained from a fluorometer (WETStar, WET Labs, USA). Both instruments were 

installed on the ship‟s underway supply (intake depth at approximately 7 m). The 

accuracy and precision of the temperature data from the TSG were ±0.003 °C. 

Salinity samples were collected on a daily basis from the CTD casts and from the 
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underway supply and analyzed on the on-board salinometer (8400B Autosal) for 

calibration of the TSG and CTD salinity measurements. Samples for dissolved 

oxygen concentrations were collected from each CTD cast (approximately 6 samples 

per cast) in order to calibrate the oxygen sensor (Seabird SBE 43) installed on the 

stainless steel CTD frame, and analyzed by Winkler titration following Holley and 

Hydes (1995) with a precision of 1%. The Apparent Oxygen Utilization (AOU) was 

calculated from the measured oxygen concentration (O2) and the oxygen 

concentration at saturation (O2
*
) which was calculated according to Garcia and 

Gordon (1992) with the solubility coefficients from Benson and Krause (1984). 

AOU = [O2
*
] – [O2]               (4.1) 

Samples for chlorophyll-a, DIC, TA and nutrients were collected from the CTD casts 

using Niskin bottles to generate depth profiles (24 casts, 8 depths); and from the 

ship‟s underway sea water supply at 2 hours interval between CTD stations to obtain 

surface water distributions. Chlorophyll-a concentrations were determined in 

duplicate following the method of Welschmeyer (1994) with a standard error of 

0.006 ± 0.007 µg l
-1

 (1ζ) on average. The determination of nanomolar phosphate and 

total nitrate concentrations was undertaken following Patey et al. (2008) with a 

precision of ±0.27 nmol l
-1

 for phosphate and ±0.20 nmol l
-1

 for nitrate. The accuracy 

of the method for nanomolar nutrients was estimated for the whole cruise between 

0.27 and 2.6 nmol l
-1

 for phosphate (1.3 nmol l
-1

 on average) and between 0.4 and 5.0 

nmol l
-1

 for nitrate (1.4 nmol l
-1

 on average).  

The DIC and TA samples were analyzed on a VINDTA 3C instrument (Marianda, 

Germany). The DIC samples were analyzed using a coulometric titration (UIC 

coulometer 5011) and TA was determined using a closed-cell titration according to 

Dickson et al. (2007). The precision of the method, assessed daily from repeated 

measurements on the same batch of seawater and from replicate samples, was 

estimated for the whole dataset to be 1.0 ± 0.6 µmol kg
-1

 for DIC and 1.4 ± 0.6 µmol 

kg
-1

 for TA (±1ζ). Certified Reference Materials (from A.G. Dickson, Scripps 

Institution of Oceanography) were analyzed as standards to calibrate the instrument 

at the beginning and end of each day of analysis.  
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The TA measurements were compared against the TA calculated from the sub-

tropical regional algorithm of Lee et al. (2006) based on temperature and salinity 

measurements. The two TA values (measured and calculated) were in good 

agreement, with a mean difference of 7.9 ± 5.6 µmol kg
-1

 (n = 193; Appendix 2). To 

remove the influence of salinity on the distribution of DIC and TA, the data was 

normalized (nDIC and nTA) to a salinity of 35 (Millero et al. 1998a).  

The DIC and TA measurements were used to calculate other parameters of the 

carbonate system using the CO2SYS program (Pierrot et al. 2006) using the constants 

of Mehrbach et al. (1973) refitted by Dickson and Millero (1987). In order to 

determine the forcing factors associated with the carbonate system variability and the 

percentage of variance explained by them, a principal component analysis (PCA; 

Pearson 1901) was applied to the carbonate system (TA and DIC) and other variables 

(SSS, SST, latitude, nutrients).  

Surface underway pHT (total scale) was measured every minute using a 

potentiometric system (Ruthern Instruments, UK) according to the potentiometric 

method described in Dickson et al. (2007). The pH cell was composed of a reference 

silver/silver chloride electrode (Russell pH Ltd CRR/DWG1575), a glass pH 

electrode (Russell pH Ltd SW79) and a free-diffusion capillary liquid junction (2.5 

M KCl) connecting these electrodes. The calibration of the system was undertaken 

every 8 to 12 hours with TRIS buffer made up in artificial sea water according to 

Dickson et al. (2007). The precision of the method and drift of the instrument were 

estimated to be within 0.005 from continuous measurement on the same batch of 

seawater. The measured pH showed good agreement with the pH calculated from 

DIC and TA, with an average difference of 0.01 ± 0.01 (1ζ; Appendix 3).  

The oceanic and atmospheric pCO2 values were determined continuously during the 

cruise on an hourly basis using an equilibrator based (combined glass-bead and 

showerhead equilibrator) pCO2 system with a non-dispersive infrared analyzer (Live 

pCO2, CASIX and Dartcom, UK; Hardman-Mountford et al. 2008). Seawater was 

drawn from the underway supply and marine air was sampled from approximately 10 

m above the surface. The pCO2 measurements were calibrated hourly with CO2 

standard gases of 0, 250 and 450 ppm and the in situ pCO2 measured was corrected 

for the difference between in situ and equilibrator temperature.  
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The air-sea CO2 flux F (mmol m
-2

 d
-1

) was calculated as follows (Wanninkhof 1992): 

F = k α (pCO2
sea 

- pCO2
air

)  (4.2) 

Where k is the gas transfer velocity (m s
-1

), and α is the solubility coefficient of CO2 

(mol atm
-1

 m
-3

). The solubility coefficient of CO2 (α) was calculated according to 

Weiss (1974). The gas transfer velocity (k) was calculated from the equation of 

Nightingale et al. (2000). The wind speed data used for the calculation of the gas 

transfer velocity were obtained from the ship‟s foremast anemometer, located at 10 

m above the surface.  

4.3. Results and discussion 

The cruise track covered the region from the oligotrophic waters located west of 30 

°W to near the upwelling zone located along the African coast (Pierre et al. 1994), as 

well as the Cape Verde and the Canary Islands regions. These particular conditions 

resulted in large spatial variations in salinity, temperature, nutrients and carbonate 

system parameters, and can be related to the presence of the different water masses in 

the upper 800 m (Pierre et al. 1994). 

4.3.1. Surface distributions of hydrographic, biological and chemical 

properties 

The SSS showed an overall decrease towards the equator due to enhanced rainfall, 

and ranged between 35.5 and 37.6 for the study region (Figure 4.2a). The SST 

increased from the northern to the southern parts of the study region and ranged 

between 19.4 and 25.3 ºC (Figure 4.2b). The surface water nitrate concentrations 

remained very low along the cruise track and ranged between 3 and 25 nmol l
-1

, with 

the exception of enhanced concentrations of up to 260 nmol l
-1

 in the vicinity of the 

Cape Verde Islands (Figure 4.2c). The surface water phosphate concentrations 

ranged from 2 to 100 nmol l
-1

, with higher concentrations near the Cape Verde 

Islands (Figure 4.2d). The sea water density distribution (Figure 4.2e) showed a 

strong variation along the cruise track, due to the presence of different water masses, 



 

 

73 

 

and ranged between 23.9 and 26.4 kg m
-3 

(ζt). The chlorophyll-a concentrations were 

relatively low in the study region (Figure 4.2f), ranging between 0.1 and 0.7 µg l
-1

, 

with the highest values in the vicinity of the Canary and Cape Verde Islands.  

The surface water DIC concentrations ranged between 1943 and 2076 µmol kg
-1

 and 

TA between 2337 and 2470 µmol kg
-1

. Surface water DIC and TA concentrations 

both increased with increasing latitude (Figures 4.3a and b). Our surface water TA 

measurements in the vicinity of the Canary Islands (between 2416 and 2438 µmol 

kg
-1

) were in relatively good agreement with values reported for the ESTOC station 

(Santana-Casiano et al. 2007), which ranged between 2400 and 2420 µmol kg
-1

. The 

highest DIC values observed in the northern part of the study region (up to 2076 

µmol kg
-1

) were however lower than the minimum seasonal values reported for the 

ESTOC station (2085 µmol kg
-1

). Overall, the ranges of surface DIC and TA 

concentrations observed in this study agreed well with values reported between 10 

and 30 °N (~30 °W) by the Global Data Analysis Project (GLODAP) (Key et al. 

2004), which ranged between 1970 and 2104 µmol kg
-1

 (DIC) and between 2330 and 

2452 µmol kg
-1

 (TA). The surface water nDIC concentrations ranged between 1900 

and 1980 µmol kg
-1 

along the cruise track with enhanced concentrations in the 

vicinity of the Cape Verde and Canary Islands (Figure 4.3c). The surface water nTA 

distribution did not show any distinctive spatial patterns and ranged between 2275 

and 2320 µmol kg
-1 

(Figure 4.3d).  

A strong correlation was observed between the surface TA and DIC distributions (r
 
= 

0.96, n = 71, p < 0.0001). Surface water DIC and TA concentrations correlated 

closely with the SSS distribution (r = 0.93 and 0.97; n = 95 and 72 for DIC and TA, 

respectively; p < 0.0001; Appendix 4), and with the SST distribution (r = -0.84 and -

0.92; n = 72 and 95 for TA and DIC respectively; p < 0.0001; Appendix 4). The PCA 

performed on the underway data indicated a first Principal Component (PC) which 

explained 64% of the variability in the dataset from the co-variation of SSS, SST, 

DIC and TA surface distributions (p < 0.0001). A second PC, related to gradients in 

nitrate and phosphate, explained 19% of the dataset variability (p < 0.0001). 
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Figure 4.2. Surface distributions of (a) salinity, (b) temperature (ºC), (c) nitrate 

concentrations (nmol l
-1

), (d) phosphate concentrations (nmol l
-1

), (e) density ζt (kg m
-

3
), and (f) chlorophyll-a concentrations (µg l

-1
). 

The high spatial resolution measurements of surface water pHT for the study region 

showed values ranging between 8.13 and 8.22, whereas pCO2 measurements ranged 

between 335 and 405 µatm. The range of oceanic pCO2 observed was hence in 

agreement with previously reported pCO2 values in this oceanic region, ranging 

between 300 and 450 µatm (Copin-Montégut and Avril 1995). Enhanced surface 

water pHT and lower pCO2 were observed in the southern part of the study region, 

with lower pHT and higher pCO2 in the north-eastern part of the study region, south 

of the Canary Islands (around 25 ºN and 20 ºW; Figure 4.4a and b). The distributions 

of surface water pHT and pCO2 showed a negative correlation along the cruise track 

(r = -0.87; n = 322; p < 0.0001). 
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Figure 4.3. Surface distributions of (a) DIC, (b) TA, (c) salinity normalized (S=35) 

nDIC, and (d) salinity normalized (S=35) nTA (all expressed in µmol kg
-1

). 

 

Figure 4.4. Surface distributions of (a) pH, (b) oceanic pCO2 (µatm), (c) air-sea CO2 

flux (mmol m
-2

 d
-1

; a positive flux indicates oceanic source of CO2 to the atmosphere), 

and (d) wind speed (m s
-1

). 
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4.3.2. Meridional distributions of hydrographic, biological and 

chemical properties 

The meridional depth distributions showed strong correlations between the various 

physical, biological and chemical variables (Figure 4.5). The TA distribution closely 

followed the salinity distribution (r
 
= 0.97; n = 130; p < 0.0001; Appendix 5) whilst 

the temperature and DIC distributions showed a strong negative correlation (r
 
= -

0.80; n = 199; p < 0.0001; Appendix 5). The temperature and salinity data were also 

strongly correlated (r = 0.79; n = 201; p < 0.0001; Appendix 5), except for the SST 

maximum in the southern part of the study region. This corresponded with the 

equatorial temperature maximum where a decoupling was observed between the 

salinity and temperature data due to freshwater inputs. The strong relationships 

between the carbonate system and the hydrographic properties have also been 

reported for the region north of the Canary Islands by Pérez et al. (2001). These 

workers showed that the physical properties of the various water masses observed 

north of the Canary Islands explained more than 93% of the carbonate system 

variability. Similar observations were reported by González-Dávila et al. (2003b) in 

the Gulf of Cadiz where 96% of the variability in the distribution of chemical 

parameters was attributed to the presence of different water masses through the use 

of a mixing model.  

The hydrographic properties of the different water masses in the study area have 

been described in detail by Stramma et al. (2005; 2008a), and are principally 

composed of the TSW and the sub-surface CW. The presence of AAIW is indicated 

by salinity and TA minima, and DIC and nitrate maxima (Stramma et al. 2008a; 

2005; Goyet et al. 1998; Table 4.1). The isopycnals on the density distributions in 

Figure 4.5f indicate the density fronts between the different water masses (Stramma 

et al. 2005). The maximum influence of the TSW was in the upper 80 m in the region 

south of 19 ºN (Figure 4.5) according to the density criterion of ζt ≤ 25.8 kg m
-3

 

(Stramma et al. 2005; Table 4.1). The CW showed a maximum influence in the upper 

180 m with densities between 25.8 and 27.1 kg m
-3

 (Figure 4.5, Table 4.1). The 

influence of the AAIW was observed below 150 to 200 m (12 ºN and 27 ºN 

respectively). The density (ζt > 27.1 kg m
-3

) and salinity (S < 35.4) criteria were used 
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to determine the maximum influence and the chemical properties of the AAIW 

(Stramma et al. 2005; Pierre et al. 1994).  

 

Figure 4.5. Latitudinal depth distributions in the range 0 to 350 m of (a) temperature 

(ºC), (b) salinity, (c) TA (µmol kg
-1

), (d) DIC (µmol kg
-1

), (e) dissolved oxygen (µmol 

kg
-1

), and (f) density ζt (kg m
-3

). Data in these latitudinal plots were taken from all 

casts in a longitudinal zone between 20 °W and 32 °W.  

The carbonate system properties of each water mass present were identified from 

reported hydrographic properties, along with our observations (Table 4.1). The TSW 

were characterized by TA and DIC concentrations ranging between 2340 and 2440 

µmol kg
-1

, and between 1950 and 2060 µmol kg
-1

, respectively.
 
The TA and DIC 

concentrations observed in the CW were consistent with the values observed by 

Pérez et al. (2001) and ranged between 2330 and 2460 µmol kg
-1

 for TA, and 

between 2050 and 2170 µmol kg
-1 

for DIC. The TA and DIC concentrations in 

waters influenced by AAIW (below 150 m) ranged respectively between 2310 and 

2350 µmol kg
-1

, and between 2130 and 2180 µmol kg
-1

. This was consistent with the 

low TA and high DIC values previously observed in the tropical Atlantic Ocean at 

approximately 1000 m depth, where a stronger influence of the AAIW was observed 

(Goyet et al. 1998). 
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 T (ºC) Salinity 
Density σt    

(kg m
-3

) 

DIC      

(µmol kg
-1

) 

TA       

(µmol kg
-1

) 

TSW 21-25
(6)

 35.6-37.1
(6)

 <25.8
(1) 

1950-2060
(6)

 2340-2440
(6)

 

CW 18.5
(2) 

36.675
(2) 

 2090
(2) 

2397
(2) 

   25.8 -27.1
(1) 

  

 15.25-18.65
(3) 

35.7-36.8
(3)

    

 13.5-22.9
(6)

 35.4-37.5
(6)

  2050-2170
(6)

 2330-2460
(6) 

AAIW 2.4-18.6
(6)

 <35.4
(4) 

27.1-32.15
(1)

 2130-2180
(6) 

2310-2350
(6) 

    2230
(5) 

2280
(5) 

Table 4.1. Hydrographic and chemical characteristics of the different water masses 

observed from the literature and from this study: 
(1)

Stramma et al. (2005); 
(2)

Pérez et 

al. (2001); 
(3)

Tomczak and Godfrey (2003); 
(4)

Pierre et al. (1994); 
(5)

Goyet et al. 

(1998) ;
 (6)

This study. 

Three distinctive regions were hence apparent in the surface water (Figure 4.2, 4.3 

and 4.4) and depth distributions (Figure 4.5). The Canary Islands region (between 29 

and 23 ºN) was characterized by higher salinity and TA distributions. The Cape 

Verde Islands region (between 22 and 20 ºN) was associated with higher surface 

water nutrient and chlorophyll-a concentrations. The region south of 19 ºN was 

associated with lower salinity and TA levels in the water column; enhanced SST and 

surface O2 concentrations with lower surface DIC; low temperature and O2 

concentrations and enhanced DIC concentrations below 50 m.   

4.3.3. Influence of coastal upwelling on air-sea CO2 fluxes 

The calculated air-sea CO2 fluxes (F) showed a strong spatial variability along the 

cruise track and ranged from -4.0 to +1.9 mmol m
-2

 d
-1 

(Figure 4.4c). The region 

between the Canary Islands and the Cape Verde Islands mainly acted as a source of 

CO2 to the atmosphere, with fluxes ranging between -0.5 and +1.9 mmol m
-2

 d
-1

. The 

region south and west of the Cape Verde Islands acted overall as a sink of CO2, with 

fluxes ranging between +0.3 and -4.0 mmol m
-2

 d
-1

. The strongest CO2 sink (-4.0 

mmol m
-2

 d
-1

) was observed in the southern part of the study area (13 ºN; 26 ºW) 

where lower surface water pCO2 (335 µatm) and higher pHT values (8.22) were 

observed. The strongest fluxes of CO2 from the ocean to the atmosphere (+1.9 mmol 

m
-2

 d
-1

) were observed in the low pH-high pCO2 regions, and in the central part of 
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the cruise track where enhanced wind speeds (Figure 4.4d) of up to 15 m s
-1

 were 

observed.   

This spatial variability in the CO2 flux distribution was attributed to the trade-wind 

driven coastal upwelling off the coast of NW Africa affecting the north-eastern part 

of the study region (Fisher et al. 2007; Carr 2002; Mittelstaedt 1983) and to the 

stronger winds observed in the central part of the study region. A positive correlation 

was observed between the surface DIC concentrations and the air-sea CO2 flux (r = 

0.61; n = 66; p < 0.0001) while almost no relationship was observed between the air-

sea CO2 fluxes and the fluorescence data (r = 0.35; n = 503; p < 0.0001) or the 

temperature data (r = -0.50; n = 503; p < 0.0001).   

Santana-Casiano et al. (2009) observed a high variability in the air-sea CO2 fluxes 

associated with the complex environment of the Benguela upwelling system in the 

southeast Atlantic Ocean (14 to 33 ºS), with surface oceanic pCO2 ranging between 

340 and 460 µatm during the austral winter (compared with 350 to 440 µatm in this 

study), and the highest values associated with the influence of the coastal upwelling.  

This agrees with the observations in this study where high pCO2 and low pHT were 

observed in the area affected by the coastal upwelling. Similar observations were 

reported for the Peruvian coastal upwelling system which exhibited high DIC (up to 

2180 µmol kg
-1

) and fCO2 (up to 700 µatm) values in the active upwelling regions 

(Goyet et al. 2009). The values of fCO2 and DIC observed in waters adjacent to the 

Peruvian upwelling system (430 µatm and 2080 µmol kg
-1

, respectively) were 

however similar to the maximum values reported in this present study (440 µatm and 

2075 µmol kg
-1

, respectively). Extremely high pCO2 values (1100 µatm) have also 

been observed along the coast in the Californian upwelling system (Feely et al. 

2008), with values rapidly decreasing to 350-400 µatm away from the coast.  

4.3.4. Oxygen minimum zone 

Clear regional differences were apparent in dissolved oxygen and DIC profiles from 

casts from the three distinctive regions in our study area (Figure 4.6a and b). Cast 

16392 in the northern part of the study area (see Figure 4.1 for locations of the casts) 

showed small variations in dissolved O2 and DIC with depth, while cast 16407 
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sampled south of 13 ºN showed large differences in dissolved O2 and DIC 

concentrations with depth. Cast 16400 was sampled near to the Cape Verde Islands 

and showed a depth distribution for DIC which appeared transitional with respect to 

casts 16392 and 16407.  

 

Figure 4.6. Depth profiles of (a) dissolved oxygen (µmol kg
-1

); (b) DIC; (c) nDIC 

(normalized to a salinity of 35); (d) TA in µmol kg
-1

 for the casts 16392 (solid black 

line, North of Cape Verde Islands at 26.8 °N, 29 °W), 16400 (black dashed line, near 

to Cape Verde Islands at 19 °N, 25 °W) and 16407 (grey line, South of Cape Verde 

Islands at 12.7 °N, 27 °W). 

The nDIC distribution (Figure 4.6c) showed similar surface values for the three 

regions, but a much sharper increase with depth around the Cape Verde Islands (cast 

16400) and in the south (cast 16407), as observed for the dissolved O2 distributions. 

The depth profiles of TA did not show a marked change with depth for the different 

regions, but showed a decrease in TA with decreasing latitude associated with the 

decrease in salinity and the influence of the different water masses described earlier 

(Figure 4.6d). 

The low dissolved O2 values (< 100 µmol kg
-1

) observed south of 19 ºN at depths 

between 100 and 1000 m (Figure 4.6a and 4.7) are characteristic of the oxygen 

minimum zone (OMZ) located in this region (Stramma et al. 2005; 2008a and b; 
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2009). The OMZ observed in the sub-tropical northeast Atlantic results from slow 

ocean ventilation south of the Cape Verde Islands and from degradation of sinking 

organic matter below the euphotic zone (Stramma et al. 2008a and b; Karstensen et 

al. 2008). The OMZ is found along the frontier between the CW and the AAIW at 

depths between 200 and 800 m. The Cape Verde Frontal Zone (CVFZ) located 

around 21 ºN also marks the boundary between well ventilated waters north of the 

CVFZ and OMZ waters to the south (Stramma et al. 2005).  

 

Figure 4.7. Latitudinal depth distribution of dissolved oxygen (µmol kg
-1

) in the range 

0 to 1800 m (Data from all casts in a longitudinal zone between 20 °W and 32 °W). 

High DIC concentrations (> 2150 µmol kg
-1

) were observed in the OMZ below 100 

m (Figure 4.5 and 4.6b). A strong positive correlation was observed between AOU 

and DIC concentrations in the whole study region for depths between 100 and 4000 

m (Figure 4.8), with DIC = 0.565 AOU + 2057.8 (r = 0.97; p < 0.0001; n = 106). 

Changes in DIC are strongly related to changes in AOU, as both are affected by 

remineralization of organic matter below the euphotic zone (Matear and Hirst 2003; 

Peng et al. 2003). A ∆DIC:∆AOU ratio of 0.56 (Figure 4.8) is fairly close to the C:O2 

ratio of 0.69 (Anderson and Sarmiento 1994), suggesting that remineralization of 

organic matter strongly influenced the DIC distribution in this area, with slow ocean 

ventilation being responsible for this presumably permanent low dissolved O2/high 

DIC zone.  
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Figure 4.8. DIC and AOU relationship for samples collected at depth between 100 m 

and 4000 m. The least-squares regression line is shown (r = 0.97; p < 0.0001; n = 

106). The low AOU surface values observed in the upper 100 m were not taken into 

account. 

Our observations agree with findings for the OMZ waters of the eastern South 

Pacific Ocean (Goyet et al. 2009) with DIC concentrations of up to 2200 µmol kg
-1 

at 

500 m (compared with 2175 µmol kg
-1

 at 300 m in this study) associated with the 

degradation of organic matter and TA concentrations below 2300 µmol kg
-1

 

(compared with 2325 µmol kg
-1

 at 300 m in this study).  

 

Figure 4.9. Depth profiles of (a) omega calcite (ΩCa); and (b) omega aragonite (ΩAr) 

for the casts 16392 (solid black line, North of Cape Verde Islands at 26.8 °N, 29 °W), 

16400 (black dashed line, near to Cape Verde Islands at 19 °N, 25 °W) and 16407 

(grey line, South of Cape Verde Islands at 12.7 °N, 27 °W). 

Finally, low calcite and aragonite saturation states (calculated from DIC and TA, 

together with temperature, salinity and nutrient data) were observed in the OMZ (ΩCa 
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< 3 and ΩAr < 2) just below 50 m (Figure 4.9) and associated with the high DIC and 

low O2 waters. An expansion of the OMZs has been observed and is expected to 

further increase due to future warming of the oceans with strengthened stratification 

and reduced ventilation (Stramma et al. 2009 and 2008b; Matear and Hirst 2003). It 

can be expected that this will consequently increase the DIC concentrations of the 

OMZs and decrease the aragonite and calcite saturation states. This process will most 

likely lead to sub-surface waters becoming increasingly undersaturated over time 

with respect to calcium carbonate, in addition to the continuing decline in saturation 

caused by invasion into the ocean of anthropogenic CO2. These processes may also 

have a considerable impact on the nitrogen cycle due to enhanced denitrification with 

consequent N2O production, and therefore on the carbon cycle through a reduction in 

new production (Oschlies et al. 2008; Bange et al. 2005). 

4.4. Conclusions 

The sub-tropical northeast Atlantic Ocean was found to exhibit regional variability of 

the four carbonate chemistry parameters. Strong correlations were observed between 

the carbonate system and hydrographic properties of the regional water masses. The 

spatial variability of the carbonate system was also associated with coastal upwelling 

off the northwest African coast and the OMZ. More particularly, the air-sea CO2 

fluxes were influenced by the coastal upwelling and high winds, resulting in CO2 

outgassing in the northern parts of the study region, in contrast to the region south of 

the Cape Verde Islands which was a net sink of CO2. The carbonate system in sub-

surface waters within the OMZ was strongly related to the AOU. This study showed 

the potential impact of the OMZ on the carbonate system due to reduced ocean 

ventilation and increased remineralization of organic matter, leading to an increase in 

DIC and a decrease in the saturation state of calcium carbonate. As observed for 

other systems, this study showed that upwelling-influenced marine environments are 

subject to low pH and low calcium carbonate saturation states and can be of 

particular interest for the study of the impact of ocean acidification on marine 

ecosystems.  
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Chapter 5 

Mesoscale variability of the carbonate 

system in the Iceland Basin  
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5.1. Introduction 

The Iceland Basin is characterized by strong mesoscale (i.e. of the order of 10 to 10
2
 

km) activity associated with the presence of large eddy structures (Read and Pollard 

2001; Martin et al. 1998; Holligan et al. 1993). Oceanic eddies are developed due to 

ocean current instabilities running opposite to the main current. These mesoscale 

eddy structures can penetrate deep below the ocean surface waters and hence can 

have an important influence on primary productivity and the intensity of the spring 

bloom due to their role in the supply of new nutrients to the euphotic zone (Allen et 

al. 2005). More particularly, the North Atlantic Current (NAC; Figure 5.1) has been 

shown to affect the structure of the water masses and the stratification of the water 

column in the Iceland Basin due to complex circulation pathways (Pollard et al. 

2004; Figure 5.1).  

 

Figure 5.1. Diagram of surface and deep circulation in the North Atlantic Sub-polar 

Gyre, indicating locations of the North Atlantic Current (NAC), the Iceland Scotland 

Overflow Water (ISOW), the Denmark Strait Overflow Water (DSOW), the Deep 

Western Boundary Currant (DWBC), the Mid-Atlantic Ridge (MAR), and the Charlie 

Gibbs Fracture Zone (CGFZ) (figure obtained from the IFM-GEOMAR website at: 

http://www.ifm-geomar.de/index.php?id=575&L=1). 



 

 

86 

 

Observations have shown enhanced primary productivity associated with mesoscale 

eddies, resulting from the significant supply of nutrients to the surface waters 

associated with local upwelling within the eddy structures (Falkowski et al. 1991; 

McGillicuddy et al. 1998; Martin and Richards 2001; Sweeney et al. 2003; 

McGillicuddy et al. 2007; Bibby et al. 2008). However, little is known about the 

effect of mesoscale eddies on the carbonate system and more particularly on air-sea 

CO2 fluxes and carbon export, due to the different effects of upwelling and enhanced 

biological activity on Dissolved Inorganic Carbon (DIC) concentration (Williams 

and Follows 1998; González-Dávila et al. 2006; Chen et al. 2008).  

The objective of this study was to investigate the spatial distribution of the carbonate 

system parameters and their changes associated with mesoscale activity in the 

Iceland Basin during a post-bloom period. For this purpose, continuous high 

resolution potentiometric pHT measurements were undertaken, along with DIC and 

Total Alkalinity (TA) measurements. An inter-comparison of the observed carbonate 

parameters will be discussed, as well as their relative variations associated with 

changes in physical and biogeochemical variables.  

5.2. Methods 

5.2.1. Area of study 

The BIB (Biophysical Interaction in the Iceland Basin) cruise D321 took place 

between the 24
th

 July and the 23
rd

 August 2007 on the RRS Discovery. The aim of 

the cruise was to investigate the biophysical interactions taking place on an eddy-

scale surface during a post-bloom period. The cruise was conducted in a box-type 

survey area of 100 x 100 km length scale (58.5 °N to 60 °N; 18.5 °W to 21 °W), in 

which four repeated surveys were conducted (Figure 5.2).  

5.2.2. Sampling 

The surface water sampling for discrete DIC, TA, nutrients and chlorophyll-a 

measurements was undertaken approximately every 4 hours from the underway 

supply of the ship (intake at about 7 m depth). Continuous sea surface temperature 

and salinity data were obtained from a ThermoSalinoGraph (TSG), and the 
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chlorophyll a-fluorescence data were obtained from a fluorometer (WETStar, WET 

Labs, USA). Both instruments were installed on the ship‟s underway supply. The 

underway temperature data from the TSG was used as it better represents the water 

sampled (temperature measured in the stream of sea water sampled for the carbonate 

system measurements), and no correction was made for warming from intake to 

sensor. Fifteen depth profiles were sampled for DIC, TA, chlorophyll-a and nutrients 

from 20 L Niskin bottles fitted on a stainless steel rosette frame equipped with a 

CTD system (Seabird) and fluorescence and oxygen sensors. Regular salinity 

samples were collected from the CTD casts and the underway supply and analysed 

on a salinometer (8400B Autosal) in order to calibrate the continuous CTD and TSG 

measurements. The concentrations of nitrate, phosphate and silicate were measured 

on-board using an auto-analyser (Skalar SanPlus) according to Kirkwood (1996). 

Chlorophyll-a concentrations were analysed on-board following the Welschmeyer 

(1994) method.  

 

Figure 5.2. D321 cruise track and associated survey area. 

5.2.3. DIC and TA measurements 

The instrument used for the determination of DIC and TA was a VINDTA 3C 

(Marianda, Germany). DIC measurements were conducted using a coulometric 

titration (UIC coulometer 5011) and TA was determined using a closed-cell titration, 

as described in Dickson et al. (2007). Repeated measurements on the same batch of 
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seawater (n ≥ 3) were undertaken at the start of every day of analysis in order to 

assess the precision of the method. The overall precision for the whole dataset was 

estimated as 1.4 ± 0.4 µmol kg
-1

 for DIC and 1.2 ± 0.5 µmol kg
-1

 for TA. Certified 

Reference Materials (from A.G. Dickson, Scripps Institution of Oceanography) were 

analysed as standards to calibrate the VINDTA system at the beginning and end of 

each day of analysis.  

5.2.4. Underway pH measurements 

During the cruise, surface underway pHT (total scale) was measured at a frequency of 

one analysis per minute using a potentiometric method (Dickson et al. 2007). The pH 

system (Ruthern Instruments) used in this study employed a free-diffusion capillary 

liquid junction (2.5 M KCl) which allowed ionic contact between the hydrogen and 

the reference electrode. The pH cell was composed of a reference silver/silver 

chloride electrode (Russell pH Ltd CRR/DWG1575) and a glass pH electrode 

(Russell pH Ltd SW79). The calibration of the system was undertaken with TRIS 

buffer made up in artificial sea water according to Dickson et al. (2007). The 

precision of the method and drift of the instrument were estimated to be within 0.005 

(estimated from the drift observed in pH from continuous measurement on the same 

batch of seawater, Figure 2.5). Further details of the analytical method are provided 

in chapter 2. 

5.3. Inter-consistency of the carbonate system measurements 

The measurement of three of the four parameters of the carbonate system allowed the 

re-calculation of the other parameters in order to test the inter-consistency of the 

measurements (c.f. chapter 2). The calculations were undertaken using the CO2SYS 

program (Lewis and Wallace 1998; Pierrot et al. 2006). The equilibrium constants of 

CO2 from Mehrbach et al. (1973), refitted by Dickson and Millero (1987) were used 

for the calculation. The measured pHT was compared to the pHT calculated from the 

TA and DIC data, and the two values agreed within 0.04 ± 0.02 (n = 41).  

The TA measurements were compared with the TA calculated using the temperature 

and salinity data from the Lee et al. (2006) equation for the North Atlantic Ocean. 

The measured TA showed a relatively good consistency with the calculated data, 
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with absolute differences between the two data sets ranging between 0.2 and 17.6 

µmol kg
-1

, and with an average difference of 5.8 ± 4.1 µmol kg
-1 

(n = 165). The high 

differences observed between the two data sets can possibly be explained by the 

delay between the sample collection and the analysis. Due to some technical 

problems mainly involving electrode failure of the TA part of the VINDTA, the 

analysis of the TA samples was delayed for about a year. This could also explain the 

larger differences observed between the measured pH and the calculated pH when 

compared to the sub-tropical Northeast Atlantic dataset presented in chapter 4. 

However, some problems with the calibration resulting from the preparation of the 

TRIS buffer cannot be excluded. 

5.4. Results and discussion 

5.4.1. Surface distribution of the parameters  

The sea surface temperature (SST) ranged between 12.4 and 14.2 °C within the 

survey area (Figure 5.3a). The sea surface salinity (SSS) distribution was relatively 

constant for the whole cruise and ranged between 35.2 and 35.5 (Figure 5.3b). The 

surface density distribution ζt ranged from 26.4 to 26.8 kg m
-3

 (Figure 5.3c). The 

surface nitrate concentrations ranged from 1.1 to 5.4 µmol l
-1

 (Figure 5.3d). Surface 

pHT ranged between pH 8.14 and 8.20 (Figure 5.3e) and chlorophyll-a 

concentrations ranged between 0.1 and 0.9 µg l
-1

 (Figure 5.3f).  

Surface water concentrations of TA and nTA ranged between 2305 to 2335 µmol kg
-

1
 and 2280 to 2310 µmol kg

-1
, respectively, and surface DIC concentrations ranged 

between 2055 to 2085 μmol kg
-1

 for the whole cruise. The spatial resolution of 

surface water DIC and TA data was however too low to observe any spatial 

variability associated with mesoscale activity (not shown). The DIC and TA values 

were in the range reported by Corbière et al. (2007) for the North Atlantic sub-polar 

gyre (58 to 61 ºN) for the period between 1993 and 2003, with summer DIC 

concentrations ranging between 2060 and 2100 μmol kg
-1

 and summer TA 

concentrations ranging between 2290 and 2320 μmol kg
-1

. Robertson et al. (1994) 

reported similar concentrations during the summer of 1991 in the Iceland Basin, with 
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TA ranging between 2320 and 2340 μmol kg
-1

 and DIC ranging between 2065 and 

2095 μmol kg
-1

.  

A Principal Component Analysis (PCA) was conducted on the underway sampled 

variables and showed that 33% of the dataset variability was due to gradients in SST, 

salinity, DIC, nitrate, and silicate. The TA distribution did not show co-variance with 

any parameters according to the PCA analysis. The second and third principal 

components showed that the gradients in longitude and surface water density 

explained 20% of the variance, while latitude and temperature explained 17% of the 

dataset variability. 

 

Figure 5.3. Underway surface water distributions of (a) T (°C); (b) S; (c) density ζt 

(kg m
-3

); (d) nitrate (µmol l
-1

);
 
(e) pHT; and (f) chlorophyll-a (µg l

-1
) for the second 

survey (5 - 10
th
 August 2007). 
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Figure 5.4. Depth profile measurements (0 to 150 m) of (a) temperature (°C); (b) 

density ζt (kg m
-3

); (c) nitrate concentrations (µmol l
-1

); (d) chlorophyll-a 

concentrations (µg l
-1

); (e) DIC concentrations (µmol kg
-1

); and (f) TA concentrations 

(µmol kg
-1

). The graphs are not representative of the spatial distribution in the study 

region, but of the temporal distribution. 
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5.4.2. Depth distributions of the parameters 

The temperature in the water column ranged between 8 °C and 14 °C (Figure 5.4a). 

The salinity was relatively constant for the whole cruise and ranged between 35.2 

and 35.5 (not shown). The ζt density distribution ranged between 26.4 and 28.5 kg 

m
-3

 (Figure 5.4b), and nitrate between 1.1 and 12.5 µmol l
-1

 (Figure 5.4c). The 

chlorophyll-a concentrations ranged for the whole cruise between 0.01 and 0.88 µg l
-

1
 (Figure 5.4d). The DIC concentrations in the water column ranged between 2060 

and 2160 μmol kg
-1

 (Figure 5.4e) and were strongly correlated with temperature (r = 

-0.875; p < 0.0001; n = 140; Appendix 6) and nutrients (r = 0.936 for nitrate and 0.818 

for phosphate; p < 0.0001; n = 130; Appendix 6). The TA concentrations in the water 

column showed a weak vertical gradient and ranged for the whole dataset between 

2310 and 2340 μmol kg
-1

 (Figure 5.4f). TA showed a strong correlation with salinity 

(r = 0.709; p < 0.0001; n = 120; Appendix 6). 

A PCA of the variables sampled on the CTD casts showed that 72% of the depth 

distribution variability could be explained by gradients in DIC, density, depth, 

temperature, salinity, nitrate and silicate. The second principal component showed 

that 20% of the dataset variability could be explained by gradients in TA, salinity and 

nitrate; which confirmed the correlation observed between TA and salinity. 

 

Figure 5.5. ADCP vector plot (30 m) of the second survey (5
th
 – 10

th
 August 2007) 

and approximate location of the two eddies and the central jet (from Pidcock et al. 

2007). 
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5.4.3. Mesoscale variability associated with an eddy dipole 

The development of an eddy dipole structure was observed early in the cruise in the 

survey area and its movement and position followed through satellite observations 

and use of a Vessel-Mounted Acoustic Doppler Current Profiler (VM ADCP) data 

(Pidcock et al. 2007). The eddy dipole was composed of an anti-cyclonic mode water 

eddy (AC) located in the south-western part of the survey area (position of the core 

during the second survey: 59.8 °N; 19.6 °W), and a cyclonic eddy (C) in the north-

eastern part (59.3 °N, 20.4 °W). The approximate position of the two eddy cores and 

the central jet flowing in a southeasterly direction between them is shown on the 

ADCP vector-plot (30 m) obtained for the second survey in Figure 5.5.  

 

Figure 5.6. (a) Sea Surface Temperature satellite image (Advanced Very High 

Resolution Radiometer, AVHRR, NOAA Satellite and Information service) and (b) 

chlorophyll-a satellite image (MODIS Ocean Color, NASA); at the beginning of the 

second survey. 

The higher pH values observed in the north of the study area (Figure 5.3e) were 

associated with the cyclonic eddy and the central jet positions, whereas the lower pH 

values observed were associated with the anti-cyclonic eddy (Figure 5.5). The SST 

satellite image from the beginning of the second survey showed higher temperature 

in the cyclonic eddy area (Figure 5.6), whereas a colder patch was observed at the 

anti-cyclonic eddy location, which was also observed in the SST measurements from 

the TSG system (Figure 5.3a). The difference in chlorophyll-a concentrations 

between the two eddies was less pronounced than differences in temperature and pH 
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(Figure 5.3f and 5.6b). Nevertheless, higher chlorophyll-a concentration was 

observed within the central jet and in the north of the survey area, associated with the 

cyclonic eddy position.  

Cast  Position relative to the eddies Cast  Position relative to the eddies 

16204 associated with core of C 16247  central jet 

16209 
associated with core of AC, 

boundary of central jet 
16260  near periphery of AC  

16212 far periphery of C 16262 near periphery of C 

16222 background 16274  associated with core of AC 

16226 background 16280 far periphery of AC 

16231 associated with core of AC 16285  associated with core of C 

16235 near periphery of AC 16286 associated with core of AC 

Table 5.1. List of the CTD casts and their positions related to the location of the two 

eddies: cyclonic (C) and anti-cyclonic (AC) (R. Pidcock, pers. comm.).  

5.4.4. Differences between the two eddies 

The positions of the stations sampled in the region of the eddy structures are 

provided in Table 5.1. The CTD profiles sampled at different times during the cruise 

showed clear differences in temperature, nitrate, DIC and chl-a concentrations within 

the two eddy cores (Figure 5.7). Surface water temperatures were higher within the 

cyclonic eddy (casts 16204, 16247, 16262 and 16285) and the temperature difference 

between the two eddy cores was approximately 0.5 °C (Figure 5.7a). Nitrate and DIC 

concentrations showed similar trends, with overall higher concentrations within the 

anti-cyclonic eddy (casts 16231, 16274 and 16286) than in the cyclonic eddy (Figure 

5.7b and 5.7c). The difference in surface concentrations was up to 3 µmol l
-1

 for 

nitrate and up to 20 µmol kg
-1

 for DIC. Enhanced biological activity (higher 

chlorophyll-a concentrations) was observed between the start and the end of the 

cruise within both eddies, with highest chl-a concentrations in the cyclonic eddy 

(Figure 5.7d). The chlorophyll-a concentration within the cyclonic eddy was 0.23 µg 

l
-1

 at the start of the cruise (cast 16204), and had increased to 0.88 µg l
-1

 at the end of 
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the cruise (cast 16285). The chlorophyll-a concentration within the anti-cyclonic 

eddy was 0.13 µg l
-1

 at the start of the cruise (cast 16231), and had increased to 0.59 

µg l
-1

 at the end of the cruise (cast 16286) (Figure 5.7d).  

 

Figure 5.7. Depth profiles of (a) temperature (°C), (b) nitrate concentrations (µmol l
-

1
), (c) DIC concentrations (µmol kg

-1
), and (d) chlorophyll-a concentrations (µg l

-1
) for 

the casts sampled within the cyclonic eddy core: casts 16204 (black line) and 16285 

(dashed black line); and within the anti-cyclonic eddy core: casts 16231 (red line), 

16274 (dashed red line) and 16286 (dotted red line). 

The observed differences between the two eddies could be due to different stages of 

development of the two eddies, in which case the local upwelling associated with the 

cyclonic and the anti-cyclonic eddy would have occurred over different timescales. 

This could explain the chlorophyll-a increase and the lower nitrate and DIC 

concentrations within the cyclonic eddy, and higher nitrate and DIC concentrations 

within the anti-cyclonic eddy associated with lower chlorophyll-a concentrations.  

These results agree with previous observations of changes in the carbonate chemistry 

associated with a cyclonic eddy activity reported for the North Pacific sub-tropical 
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gyre (Chen et al. 2008). Enhanced DIC concentrations of approximately 30 µmol kg
-

1 
on average were observed within the eddy core compared to the background 

concentration outside the eddy. Furthermore, higher chlorophyll-a concentration was 

observed in the eddy core. The differences in DIC and nitrate concentrations 

observed in this study between the anti-cyclonic eddy and the background region 

(not affected by the presence of the eddy; Table 5.1) ranged between 10 and 20 µmol 

kg
-1

 and between 1 and 3 µmol l
-1

, for DIC and nitrate respectively, hence similar to 

the differences in concentration between the anti-cyclonic and the cyclonic eddy 

(Figure 5.8).  

However, previous observations of CO2 transport within a single eddy in the North 

Atlantic Ocean (Chipman et al. 1993) have shown eddy diffusive transport of CO2 

into the mixed layer to be negligible compared with the effect of other processes 

such as air-sea CO2 gas exchange and biological CO2 utilization/respiration.  

 

Figure 5.8. Profile distributions of nitrate concentrations (left) and DIC concentrations 

(right) for the casts sampled within the cyclonic eddy core: casts 16204 (black line) 

and 16285 (dashed black line); the anti-cyclonic eddy core: casts 16231 (red line), 

16274 (dashed red line) and 16286 (dotted red line); and outside the eddy dipole 

(background): casts 16222 (blue line) and 16226 (dashed blue line). 

Finally, the increase in chlorophyll-a concentration observed towards the end of the 

cruise in both eddies seemed to be reflected in the pH distribution, showing higher 

values in the whole survey area towards the end of the cruise compared to earlier on 

the cruise (Figure 5.9).  
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Figure 5.9. Surface pH distributions at the beginning (second survey, August 5-10
th
) 

and at the end (third survey, August 11-15
th
) of the cruise. 

5.5. Conclusions 

High spatial resolution pH measurements were obtained on cruise D321, and a 

detailed observation of the variability of the carbonate system was possible. The 

mesoscale activity observed in the Iceland Basin was shown to affect the spatial and 

temporal distribution of the carbonate system and was associated with the presence 

and development of an eddy dipole. Clear differences were observed within the eddy 

dipole, composed of a cyclonic eddy and an anti-cyclonic mode water eddy. The 

surface characteristics within the cyclonic eddy showed higher SST, lower nitrate 

and DIC concentrations, higher pH and higher chlorophyll-a concentration. The anti-

cyclonic eddy was characterized by lower SST, higher surface nitrate and DIC 

concentrations, lower surface pH and lower chlorophyll-a concentration; suggesting 

more recent upwelling within the anti-cyclonic eddy core compared to the cyclonic 

eddy. The increase in primary productivity throughout the cruise was reflected in an 

overall increase in surface water pH values, showing a more uniform distribution 

later in the cruise as opposed to the beginning of the cruise when lower pH values 

were observed in the anti-cyclonic eddy. The importance of mesoscale eddies in local 

air-sea CO2 flux is often subject to debate due to the two opposite processes affecting 

the surface DIC concentration. While no observation of air-sea CO2 flux was 

possible (due to a problem with the measurement of the CO2 standards), this study 

showed however the complexity of the carbonate system distribution associated with 

mesoscale activity.  
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Chapter 6 

Summary and perspectives  

 

 

 

 

 

 

 

 

 



 

 

99 

 

 

6.1. Introduction 

The work presented in this thesis aimed to determine and quantify the different 

processes that affect the carbonate system in the North Atlantic Ocean. The results 

obtained for various regions of the North Atlantic Ocean showed important spatial, 

seasonal and inter-annual variability. More precisely, this study has shown that the 

carbonate system was strongly affected by natural processes such as winter mixing, 

upwelling, remineralization, mesoscale eddies, and air and sea temperature.  

As a result of anticipated future anthropogenic CO2 emissions and climate change, 

the physical and biological forcings on the carbonate system will change, leading to 

large uncertainties in the magnitude and direction of the climate-ocean feedbacks. 

The results presented in this study hence confirm the need of a better understanding 

of the physical and biological processes controlling the carbonate system. In 

addition, this study highlights the importance of continuous ocean monitoring (such 

as time-series programs), especially in regions which will be most strongly affected 

by future changes such as high latitude and upwelling regions.  

6.2. Summary 

In order to compare the carbonate system distribution in the three North Atlantic 

regions studied in this thesis, the three datasets have been combined in order to look 

at the geographical differences (Figure 6.1). A strong spatial variability of DIC was 

associated with the SST distribution (Figure 6.1b and 6.1a), while SSS and TA 

showed similar distributions (Figure 6.1c and 6.1d). Overall, the distributions of SST 

and DIC were strongly correlated (r = -0.803; n = 340; p < 0.0001; Appendix 7) in the 

three study regions (Table 6.1); showing a decrease in DIC and an increase in SST 

with decreasing latitude (Figure 6.1). As expected, the SSS and TA distributions 

were also strongly correlated (r = 0.899; n = 308; p < 0.0001; Appendix 8) for the 

whole dataset.   
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Figure 6.1. Surface water distributions of (a) Temperature (°C); (b) DIC (µmol kg
-1

); 

(c) Salinity; and (d) TA (µmol kg
-1

).  
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 DIC TA Temperature Salinity 

Latitude 
0.663 

n = 340 

-0.641 

n = 308 

-0.836 

n = 356 

-0.733 

n = 356 

Longitude 
0.756 

n = 340 

-0.425 

n = 308 

-0.624 

n = 356 

-0.615 

n = 356 

DIC  
-0.249 

n = 292 

-0.803 

n = 340 

-0.381 

n = 340 

TA   
0.573 

n = 308 

0.899 

n = 308 

Temperature    
0.679 

n = 356 

Table 6.1. Pearson product-moment correlation coefficient (r) observed between DIC, 

TA, SST, SSS, Latitude and Longitude (n represents the number of samples; p < 

0.0001). 

The carbonate system was therefore strongly influenced by the hydrographic 

properties (temperature and salinity). The seasonal variability of the carbonate 

system in the Northeast Atlantic Ocean was controlled by both physics (winter 

mixing) and biological activity (spring/summer drawdown), and showed an increase 

in DIC in autumn/winter due to winter mixing, and a decrease in DIC during periods 

of high biological activity (chapter 3). This was also observed in the high latitude 

North Atlantic where the physics appeared to control the biological response 

associated with the presence of mesoscale eddies, and therefore the DIC and pH 

distributions (chapter 5). However, no significant relationship was observed between 

the chlorophyll a-fluorescence data and the DIC and TA distributions in the high 

latitude North Atlantic, which can be attributed to poor spatial resolution in the 

sampling. In the oligotrophic region of the sub-tropical Northeast Atlantic, no 

significant relationship was observed between the chlorophyll a-fluorescence data 

and the DIC and TA distributions (chapter 4) which is most likely due to the 

oligotrophic nature of this region. 

Although the physics appeared to be the main forcing on the carbonate system in this 

study (through the influence of events such as coastal upwelling, mesoscale eddies, 

wind speed, and differences in winter mixing and temperature); the role of biological 

activity in the seasonality of the carbonate system is highly important. However, 
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physical forcings tend to set the level for biological drawdown and therefore highly 

contribute to the variability of the carbonate system and CO2 fluxes. 

6.3. Recommendations and perspectives  

6.3.1. Quality controlled carbonate system databases 

A range of projects generate large datasets of quality controlled surface ocean CO2 

measurements for the world‟s oceans. The Carbon Dioxide Information Analysis 

Center (CDIAC) is responsible of grouping the data and information of programs 

such as the GLobal Ocean Data Analysis Project (GLODAP), which represents a 

high quality dataset as part of the Joint Global Ocean Flux Study (JGOFS), the 

World Ocean Circulation Experiment (WOCE) and Ocean Atmosphere Carbon 

Exchange Study (OACES) projects (Key et al. 2004); the International Ocean 

Carbon Coordination Project (IOCCP); the Surface Ocean CO2 Atlas (SOCAT) 

project; the CARbon IN the Atlantic Ocean (CARINA) data synthesis project; and 

the Volunteer Observing Ship (VOS) programs. This approach is important in order 

to compare past and future measurements and to study the impact of climate change 

and anthropogenic CO2 on the oceanic carbon cycle.  

6.3.2. Importance of climate models 

While direct measurements are crucial, it is also important to predict the changes in 

the carbonate system and marine ecosystem that may occur with future climate 

change and anthropogenic CO2 emissions. In order to determine the positive and 

negative feedbacks of climate change on the ocean carbon cycle and carbon 

sequestration, climate-ocean coupled models are required (Bopp et al. 2005 and 

2001; Schmittner 2005; Schneider et al. 2008). Although there are still large 

uncertainties on the model results (Schmittner et al. 2005; Watson 2008), the use of 

such coupled climate-ocean models is important, along with continuous observations, 

to obtain alternative solutions and to reduce the impacts of climate change. 

Furthermore, it is important to note that some of the model predictions made over the 

last decade are currently being observed in the oceans.  
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6.3.2.1. Ocean circulation 

Several climate-ocean models have predicted a decrease in ocean circulation 

associated with future climate change (Bopp et al. 2005 and 2001; Schmittner et al. 

2005). More particularly, Schmittner et al. (2005) predicted a possible weakening of 

the North Atlantic thermohaline circulation of up to 25% by the end of the century. It 

is therefore important to improve our understanding of ocean circulation as it 

determines surface nutrients supply and consequently primary productivity (Najjar et 

al. 2007). Schneider et al. (2008) concluded that the changes in ocean circulation and 

nutrient cycling as a result of climate change will impact primary production and 

export production, and thus requires a better understanding of the controlling 

mechanisms.  

A strong relationship has been observed between marine productivity and climate 

variability such as changes in upper-ocean temperature and stratification, in both 

models and satellite ocean-color observations (Schneider et al. 2008; Behrenfeld et 

al. 2006). More precisely, changes in temperature and ocean stratification seem to 

have decreased net primary production over the past decade (Behrenfeld et al. 2006). 

However, productivity and export processes are still poorly understood and are 

therefore difficult to include in models (Schneider et al. 2008).  

Future warming of the ocean surface could be responsible for a decrease in oceanic 

carbon uptake due to a decreased solubility of CO2 with increasing temperature, and 

the weakening of ocean circulation which will also reduce the penetration of 

anthropogenic carbon (Bopp et al. 2005; Sarmiento et al. 1998). Bopp et al. (2005) 

reported a possible decrease in carbon export by up to 25% when future CO2 

atmospheric concentrations will reach four times the CO2 pre-industrial conditions 

(set at approximately 286 ppm), and a decrease in primary productivity of 15%. 

Major phytoplankton groups such as diatoms, key players in the biological carbon 

pump, would be affected by the reduction in nutrient inputs associated with future 

climate change and would be replaced by smaller phytoplankton groups (Bopp et al. 

2005). This will hence have a strong feedback on the global carbon cycle by reducing 

the efficiency of the biological carbon pump (Bopp et al. 2005). 
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6.3.2.2. High latitudes 

The increase in sea surface and air temperature due to anthropogenic greenhouse gas 

emissions is responsible for the decrease in sea-ice and the melting of glaciers 

(Levitus et al. 2000 and 2001; Barnett et al. 2005). Some areas of the world‟s oceans 

are thought to be more affected in a high CO2 world, such as the high latitude regions 

where enhanced ocean acidification and undersaturation of calcium carbonate is 

expected due to water freshening (sea ice melting) and increased carbon uptake 

(Steinacher et al. 2009; Orr et al. 2005).  

Model estimates of ocean acidification in the Arctic Ocean suggest that 

undersaturation with respect of aragonite could be observed in the surface waters as 

early as 2016 (atmospheric CO2 concentration of 409 ppm); and for the whole water 

column by the end of the century (atmospheric CO2 concentration of 765 ppm), with 

a decrease in pH of up to 0.45 (Steinacher et al. 2009). These model estimates based 

on direct observations (Jutterström and Anderson 2005) agree with recent studies 

showing seasonal surface aragonite undersaturation influenced by sea ice melting 

(Bates et al. 2009). Similar predictions have been made for the Southern Ocean 

where undersaturation with respect to aragonite could also be observed for the entire 

Southern Ocean‟s surface by 2100 (Orr et al. 2005). This is expected to have severe 

impacts on marine ecosystems in these high latitude regions (Royal Society 2005). 

6.3.3. Carbon sequestration and geo-engineering  

A mechanistic and quantitative understanding of biogeochemical cycles is required 

to predict future changes in our oceans. Ocean acidification is an important 

consequence of rising atmospheric CO2 concentrations due to the penetration of 

anthropogenic CO2 into the ocean which alters the carbonate chemistry. However, 

other severe changes as a result of increasing greenhouse gas emissions are expected, 

including global warming, sea-ice and glacier melting, bleaching of coral reefs, 

undersaturation of calcium carbonate, and weakening of the oceanic CO2 uptake. The 

increase in the efficiency of the biological pump is one of the major challenges that 

geo-engineering policies are trying to achieve in order to improve carbon export 

efficiency in the future. The reduction of greenhouse gases emissions is however the 
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most important first step in the process of reducing atmospheric CO2 concentrations, 

but radical actions will most likely be needed (Royal Society 2009). Due to the 

uncertainty of the economic and ecologic impacts of the geo-engineering scenarios, 

no program can commence until we have seriously determined the risks of such 

actions.  

Among the scenarios investigated in order to reduce atmospheric CO2 concentrations 

(Royal Society 2009), the stimulation of carbon sequestration by ocean iron 

fertilization has received much attention (Lampitt et al. 2008). While natural iron 

fertilization in the Southern Ocean have been shown to enhance short-term carbon 

export (Pollard et al. 2009; Blain et al. 2007), the efficiency of artificial iron 

fertilization to enhance carbon export is still uncertain (Boyd et al. 2007). However, 

some possible side-effects are expected such as enhanced ocean acidification and 

undersaturation of calcium carbonate in the deeper layers, or coastal eutrophication 

(Royal Society 2009; Lampitt et al. 2008). It is hence still unsure whether this option 

is globally significant regarding its efficacy compare to the risks and side effects 

predicted and therefore still demand further investigation (Lampitt et al. 2008). 

6.3.4. Atlantic Ocean vs. Pacific Ocean 

Finally, while this thesis has been focused on the North Atlantic Ocean, it is 

interesting to compare this ocean basin with the rest of the Atlantic Ocean as well as 

with the Pacific Ocean in terms of carbon sequestration. As explained earlier, the 

North Atlantic Ocean is characterized by the formation of the North Atlantic Deep 

Waters which make this ocean basin the biggest sink of anthropogenic CO2. In fact, 

the North Atlantic carbon storage was estimated to approximately 23% of the global 

oceanic anthropogenic CO2, while it covers only 15% of the global ocean area 

(Sabine et al. 2004). While a large difference in anthropogenic CO2 content is 

observed between the North Atlantic and the North Pacific, the Southern hemisphere 

shows similar distributions in both basins and stores approximately 60% of the total 

oceanic anthropogenic CO2 (Sabine et al. 2004). 
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Appendix 1:  

 

 

 

Figure A.3. Comparison of the DIC data (µmol kg
-1

) measured from the Pride of 

Bilbao (black line) and the DIC calculated from the Santa Maria fCO2 data (grey line; 

chapter 3). 
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Appendix 2:  

 

 

 

Figure A.4. Comparison of TA measured and TA (µmol kg
-1

)
 
calculated from 

temperature and salinity data (Lee et al. 2006) in the Sub-Tropical North Atlantic 

Ocean (chapter 4). 
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Appendix 3:  

 

 

 

Figure A.5. Comparison of pH measured and pH calculated from DIC and TA 

measurements for the sub-tropical Northeast Atlantic Ocean (chapter 4). 
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Appendix 4:  

 

Figure A.6. Correlation observed between the underway DIC (µmol kg
-1

; blue dots), 

underway TA (µmol kg
-1

; red dots), and the SST data (°C; top panel); and between the 

underway DIC (µmol kg
-1

; blue dots), underway TA (µmol kg
-1

; red dots) and the SSS 

data (bottom panel) for the sub-tropical Northeast Atlantic Ocean (chapter 4). 
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Appendix 5:  

 
Figure A.7. Correlation observed between the salinity and temperature depth 

distributions; the DIC (µmol kg
-1

) and temperature (°C) depth distribution; and the TA 

(µmol kg
-1

) and salinity depth distribution for the sub-tropical Northeast Atlantic 

Ocean (chapter 4). 
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Appendix 6: 

 

 

Figure A.8. Correlation observed between the depth distributions of DIC and 

Temperature (top left); Nitrate and DIC (top right); Phosphate and DIC (bottom left); 

and TA and Salinity (bottom right) in the Iceland Basin (chapter 5). 
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Appendix 7: 

 

Figure A.9. Correlation observed between sea surface DIC (µmol kg
-1

) and 

temperature (°C) data for (a) the Northeast Atlantic Ocean (chapter 3); (b) the sub-

tropical Northeast Atlantic Ocean (chapter 4); and (c) the Iceland Basin (chapter 5). 
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Appendix 8: 

 

Figure A.10. Correlation observed between sea surface TA (µmol kg
-1

) and salinity 

data for (a) the Northeast Atlantic Ocean (chapter 3); (b) the sub-tropical Northeast 

Atlantic Ocean (chapter 4); and (c) the Iceland Basin (chapter 5). 
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