Chemical Geology 564 (2021) 120016

Contents lists available at ScienceDirect

CHEMICAL
GEOLOGY

ISOTOPE GEOSCIENCE

Chemical Geology

journal homepage: www.elsevier.com/locate/chemgeo

Check for

Redox capacity of rocks and sediments by high temperature | e

chalcometric titration

Matthieu E. Galvez ™", Samuel L. Jaccard ©'

2 Institute of Geochemistry and Petrology, Department of Earth Sciences, ETH Zurich, Zurich, Switzerland
Y The Branco Weiss/Society in Science Fellowship, ETH Zurich, Zurich, Switzerland
¢ Institute of Geological Sciences and Oeschger Center for Climate Change Research, University of Bern, Bern. Switzerland

ARTICLE INFO ABSTRACT

Editor: Christian France-lanord We present an analytical method to quantify the absolute redox capacity, A0,, of geological materials. The
protocol consists in a high temperature chalcometric titration by which a known amount of oxygen gas is
exchanged between a solid state oxygen donor, CuO, and an oxygen acceptor, the sample, at elevated temper-
ature. Calibration of the method using elemental C, native S and magnetite demonstrates that it effectively
oxidizes C, S and Fe to their terminal oxidation state, C**, S®* and Fe3*, respectively. Because the metric is
independent of processes of internal equilibration within the system, it can be used for quantitative assessments
of redox fluxes in open geological systems, in the surface or deep Earth. Preliminary results suggest that the mass
specific redox capacity, dOo, of geological materials span many orders of magnitude, ranging from less than 500
pmol Og/g for ultramafic rocks and lower crustal amphibolites, to more than 30000 pmol O,/g for black shales.
This highlights a counterintuitive yet fundamental characteristic of our planet. Rocks characterized by elevated
dO, values are ubiquitous in the oxic Earth’s surface, while the upper mantle and lower crust are typically
composed of rocks with much lower dO,. This work will contribute to provide a more nuanced and complete

perspective on the sedimentary and geodynamic processes that have shaped the redox structure of the Earth.

1. Introduction

Reduction and oxidation (redox) reactions are at the core of many
physiological processes (Borch et al., 2010; Kappler et al., 2004, Rimmer
et al., 2006, Moore et al., 2017), and they also shape the long-term
history of the Earth system (Falkowski et al., 2008; Falkowski and
Godfrey, 2008; Frost and McCammon, 2008; Kleidon, 2010; Moore
et al.,, 2017; Wood et al., 1990; Galvez et al., 2020). Over geological
timescales, the flux of redox-sensitive elements including H, C, N, S, Fe,
and Mn, between surface and deep reservoirs (Frost and McCammon,
2008; McCammon, 2005; Galvez, 2020) have mediated a planetary-sale
differentiation in redox state (chemical potential of oxygen, £O») which
is a hallmark of our planet. The O3 in the Earth’s interior is significantly
lower today than that of the Oj-saturated ocean and atmosphere
(Arculus, 1985; Frost and McCammon, 2008; McCammon, 2005).

The chemical potential of Os, and related variables such as the ac-
tivity and fugacity of O, is commonly used to describe the redox state of
geological structures (Arculus, 1985; Frost and McCammon, 2008;

McCammon, 2005). It is an essential thermodynamic variable driving
the transfer of oxidants and reductants between two systems at a given
pressure (P) and temperature (T). But, it provides only a partial view of
the redox characteristics and sensitivity of a geological system. First,
because it is a thermodynamic potential, O depends on processes of
internal equilibration between the different phases (e.g. fluid rock
interaction), and can only be defined at a given P and T (e.g. Connolly,
1995). As a result, it has no absolute value as a comparative redox
variable across all possible Earth environments. Second, chemical po-
tentials depend primarily on the nature of the phase assemblage within a
system (minerals, fluids etc.), and only marginally on the abundance and
valence state of its elements. Hence, redox potentials do not reflect mass
balance constraints associated with the chemical or mechanical ex-
change of oxidants/reductants between two systems, whether those
exchanges occur at, or far from thermodynamic equilibrium. They are
inadequate, in particular, to address questions such as (i) how much O,
equivalents would a given lithology (e.g. peridotite, marine sediment
etc.) consume from the atmosphere-ocean if it is allowed to fully react
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with it (i.e. oxidative weathering)? (ii) what is the net output of O,
associated with reduced S burial in marine sediments ? (iii) are sub-
duction zones redox neutral (Evans, 2012; Galvez, 2020; Hayes and
Waldbauer, 2006)?

To shed light on these sort of problems, a compositional redox var-
iable is more appropriate because its definition does not require ther-
modynamic equilibrium to be established within the system, and it is
also independent of environmental condition. The absolute redox ca-
pacity, or absolute electron-donor capacity (402), which we opera-
tionally define here as the amount of O, required to oxidize the redox-
active elements of a system to their highest attainable valence state
under some reference condition, meets this requirement. Several authors
(Connolly, 1995; Evans, 2006; Evans, 2012; Tumiati et al., 2015, and
reference therein) have advocated for the use of compositional variables
in dealing with redox-related questions. Yet, there exists no direct lab-
oratory quantification of a rock’s redox capacity, and therefore appli-
cations have relied on tedious compilation of disparate geochemical
measurements.

Quantifying redox fluxes, e.g. net changes in redox capacity, has
been notoriously difficult (Evans, 2006) because redox reactions often
affect multiple elements simultaneously and are interwoven. The abso-
lute redox capacity of a petrological system is usually estimated by
combining data of redox-sensitive elements abundances, and valence
state (Evans, 2006), but those data are obtained separately. Elemental
compositions (including total organic carbon values) are determined by
standard geochemical methods, while the valence state is assessed via
element-specific spectroscopic approaches such as electron microprobe
or Mossbauer spectroscopy (Evans et al., 2012), aqueous chemistry
(Bézos and Humler, 2005), and/or synchrotron XANES for Fe?t/Fedt
(Berry et al., 2018; O’Neill et al., 2018; Waychunas et al., 1983; Wilke
et al., 2001), and by acid-separation methods (Canfield et al., 1986;
Morse and Cornwell, 1987) or synchrotron XANES for S species (Debret
et al., 2017; Jugo et al., 2010; Waldo et al., 1991). Several examples of
inventories, sometimes called O, use, redox budget, or oxygen excess/
deficit, can be found in the literature (Alt et al., 2007; Brounce et al.,
2019; Catling, 2014; Evans, 2012; Hayes and Waldbauer, 2006; Holland,
2002; Galvez, 2020; Tumiati et al., 2015). However, they remain rela-
tively rare due to the complexity of compiling them.

Another method based on oxidative pyrolysis aimed to determine the
total combustion oxygen demand (COD) of deep-sea sediments (Perks
and Keeling, 1998; Perks et al., 2002). However, applications of the
method have relied on the assumption that the oxidation of labile
organic carbon dominates the signal, which may not be valid for
depositional environments where anoxic bottom water prevails, i.e.
where S represents a large fraction of the sediment redox capacity
(Canfield, 1998; Raven et al., 2018). Yet other electrochemical alter-
natives have tended to focus on soil and surface environments (Kappler
et al., 2004), but those approach are not well suited for sediment and
rock samples. Those approaches therefore lack the degree of generality
that we envision here.

Our goal is to develop an experimental solution that would allow to
address a range of surface and lithospheric redox questions quantita-
tively and self-consistently. Specifically, we develop a reproducible and
accurate protocol to determine the AO; of rocks and sediments charac-
terized by a wide range of chemical compositions, under a specific set of
experimental conditions. One particular technical issue we managed to
overcome was to ensure that sulfur, a ubiquitous and multi-valence-state
element, is oxidized to its terminal (S®*) oxidation state and then trap-
ped in solid form, ensuring the absolute nature of the measurement for
this element in particular. We first provide an experimental definition
for the redox capacity, and then describe an experimental protocol
involving a high-temperature redox titration to determine the absolute,
and mass specific, redox capacity of rocks and sediments. Finally, we
assess the reliability (accuracy and reproducibility) of our method to
quantify the AO, value of a range of reference materials, and of a suite of
natural samples representative of both surface and deep Earth

Chemical Geology 564 (2021) 120016

environments.
2. Experimental design

We define the absolute redox capacity (AO2) of a system as the
amount of O, required to oxidize its redox-active elements to their
highest attainable valence state under some reference condition. The
reference condition adopted here is 850 °C under initial vacuum. The
reference oxidized valence state is of course element specific, and it is
c*t, s%* and Fe* for carbon, sulfur and iron, respectively. The method
to measure the redox capacity (absolute and mass specific) relies on
exchanging a measurable amount of pure O at high temperature be-
tween an electron acceptor (oxygen source) and the sample (electron
donor) under rigorously controlled experimental conditions. The high-
temperature redox titration (HT-RT) process is applied to samples con-
taining elements such as C, S, and Fe in any of their low-valence states.

The experimental design includes a quartz reaction tube containing
two smaller quartz inserts (Fig. 1). All the parts are annealed at 900 °C
overnight to remove potential contaminants such as organic com-
pounds. One of those inserts (placed at the bottom of the reaction tube)
contains the oxygen donor in the form of 0.5 mm CuO wires (product
B1122 from Elemental Microanalysis, typically 60 mg). The other insert
contains the powdered sample, typically 500 pg to 3 mg material,
covered with a layer of powdered MgO (product 342793 from Sigma
Aldrich). About ~200 pg of quartz wool is inserted on top of the upper
insert containing the sample/MgO (Fig. 1, Fig. 2A).

Despite the low melting point of Cu (1080 °C), which limits appli-
cation of the method to below ~1000 °C, solid CuO was selected as an
oxygen carrier because (1) it can maintain high partial pressure of O, gas
at elevated temperature (Saha and Bhattacharya, 2011), (2) it is
unreactive with the quartz insert, and, (3) it can be weighed precisely
using a microbalance (MX 5 instrument by Mettler Toledo) before and
after reaction. To prevent contamination from other unaccounted Oy
sources (e.g. air), the quartz tube is flame sealed under a vacuum of ca. 5
pbar (Fig. 1A). Another reason for conducting the measurement by redox
titration using an oxygen carrier under vacuum (as opposed to a direct
oxidation of the sample in air), is that the variation in mass of the sample
will generally not be due to gain of O3 only, but also to a range of
devolatilization reactions. This is most evident for materials such as
elemental C and S (see Table 2).

The assembly is then placed in an oven, heated to 850 °C, and
maintained at peak temperature for a minimum of 7 h to allow for
complete oxidation of the sample. At elevated T, the oxygen carrier
disproportionates to form solid CuzO, Cu and O5 according to:

4Cu0y) > 2 Cur0) + Oz W
and
2Cu0y 5 2 Cugy + O @

A larger amount of CuO provides faster oxidation rate (higher partial
pressure of O, in the reactor), especially for samples containing re-
fractory C forms, such as graphitic materials. The oven is then left to cool
down slowly (about 7 hours) to let Cu and Cuy0 recombine with the
excess O.

Under those conditions, the key for accurate weight loss measure-
ment is that (i) the mass loss in the oxygen carrier container is due to loss
of gaseous O3 only, and that (ii) the excess O, is quantitatively recovered
during the cooling stage.

The tube is then cracked open cleanly to avoid contamination of the
inserts with broken shards of quartz. Test runs using Al(OH)3 showed
that HO lost by particularly hydrous samples during combustion may
condense in the CuO insert upon cooling, preventing accurate weight
loss determination. Therefore, all reactants are stored under moisture
free conditions (MgO, CuO), and the inner CuO insert needs to be dried
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Fig. 1. Design of experimental assembly

gently after reaction, when hydrous samples are analyzed, until the mass
has reached a constant value.

In practice, we determine the absolute redox capacity (403) by
weight loss of the insert containing the oxygen carrier:

(W,' - Wo)

A0, = 7

3
where w; is the mass of the CuO container before experiment (Tables 2
and 3), w, is the mass of the same container (containing various pro-
portions of Cu, CupO and excess CuO) after completion of the experi-
ment, and M= 32 g/mol is the molar mass of O,.

The mass specific redox capacity, dO,, is the amount of oxygen
needed to oxidize one gram of sample to its reference state, and dOy =
%, where w; is the mass of the sample (in gram). Since C, S and Fe are
the three dominant redox-sensitive elements in the crust and sediments,
we applied the method to elemental C (disordered graphite powder,
product 40798 from Alpha Aezar), pure Fe?* compounds (natural
siderite, ETH collection), synthetic magnetite (~Fe304), and native
sulfur (product 213292 from Sigma-Aldrich) to test the reproducibility

and accuracy of our experimental procedure. For native sulfur, two
configurations were tested, one with, and one without MgO powder,
which serves as a S getter according to the reaction:

-
MgO,) + SOs( = MgSOs,) (4a)
2 MOy, +2 50y, + 0y > 2 MgSOs, (4b)

Hence, MgO protects CuO and Cu from interfering reactions with
gaseous SO or SOg susceptible to alter the weight loss measurement. In
addition, the formation of MgSO4 minerals ensures that S is oxidized its
highest oxidation state, S°*. The requirement to synthetize MgSO4 over
the course of the reaction sets a temperature limit to the process to
within 850-1000 °C. Here we have set our reference condition to 850 °C.
This temperature ensures a good compromise between fast reaction ki-
netics, efficient trapping of S, and integrity of the CuO/Cu0/Cu solids
inside the oxygen carrier insert.

Rock samples (Table 1) were selected to be representative of the
various environments of the upper mantle, lower-, middle- and upper
crust, as well as the Earth’s surface.
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Fig. 2. A. Test of the protocole with CuO and quartz wool to derive the experimental blank, linking wool mass (w) and its associated absolute redox capacity
(40,"°%Y). B. Upper panel shows the entire range of redox capacity values obtained for the data set. Lower panel shows the correction applied for each sample (ie.

wool), highlighting the excellent blank for this protocol.

Table 1
List of samples analyzed in this study and some caracteristics.
Sample Rock class Rock type Provenance
D
KO0783 Ultramafic Dunite Kohistan (Pakistan)
KO0750 Lower crust plutonic Garnet Kohistan (Pakistan)
ampbhibolite
KO00722 Lower crust plutonic Garnet Kohistan (Pakistan)
amphibolite
KO07109 Middle crust plutonic Gabbronorite Kohistan (Pakistan)
KO07121 Upper crust plutonic Diorite Kohistan (Pakistan)
s119 Metamorphic sediment Calcareous Nufenenpass, Swiss
schist Alps
MSG9a Unmetamorphosed Black shale Monte San Giorgio,
sediment Swiss Alps
MLC Unconsolidated lacustrine Sulfidic Lago Cadagno, Swiss
sediment sediment Alps
KTB Terrestrial sediment Lignite KTB borehole,
Germany
3. Results

All results are reported in Table 2. The absolute blank obtained for an
assembly containing only the inner oxygen carrier insert is excellent,
usually below 500 nmol O, (Table 1 and Fig. 2). This ensures that the
excess Oy is fully recovered during the cooling stage. The procedural
blank is estimated by measuring a pre-combusted powder of inclusion
free Brazilian quartz (ie. non-oxidizable) for which we obtained dO5 <
40 pmol/g (Table 2, Fig 2B). This value may be ascribed to minor
adsorption of residual O3 in the fine powder or impurities. This means all
values reported in Tables 2 and 3 may be slightly overestimated by ca.
50 pmol/g.

Runs using elemental C (Fig. 3) yielded dOy = 85,830 pmol Oy/g
(1SD = 1098 pmol Oy/g, n = 6) which lies within 5% of the theoretical
value (dO," = 83,259 pmol O,/g). Small discrepancies may be related to
impurities (e.g. reduced H radicals) and/or inherent analytical errors.

Replicate runs using natural siderite (Fe?"CO3), an ionic mineral,
yielded dOs = 2033 pmol O/g (1SD = 28 pmol O2/g, n = 3) pmol Oy/g,
which also shows good reproducibility and accuracy when compared to
the theoretical value (dOy" = 2156 pmol Oy/g) (Fig. 4). This is also the

case for synthetic magnetite (Fig. 4), a mainly covalent bonded mineral,
for which we obtained a value of 1096 pmol O,/g, compared to a
reference value measured at 1030 pmol O5/g (stoichiometric magnetite
is at 1070 pmol Oy/g). This also demonstrates that the reliability of the
method is independent of the mineralogical structure of the sample.

Measurements of sulfur-rich materials require special care. The
values obtained for native sulfur were systematically offset compared to
the target value dO,” = 46,779 pmol Oy/g (Fig. 5). The interface be-
tween the CuO rods and the lower insert showed evidence of melting,
probably resulting from the interaction between quartz, Cu and SO,
produced during combustion. Adding a layer of MgO improved the
outcome as the values (dOs = 47,536 (1SD = 1350) pmol O5/g) compare
well to the theoretical target. This result illustrates (i) that S is fully
oxidized to its S®* valence state, and (ii) that S is fully trapped within the
MgO layer as Mg-sulfate. Interestingly, this strategy may allow isotopic
characterization of the S provided it is locked quantitatively, i.e. as
sulfate, but this development is beyond the scope of this study.

4. Discussion
4.1. Redox structure of the lithosphere

Preliminary applications of the method to samples selected to
represent different surface or deep Earth environments highlight an
interesting feature of the lithospheric redox structure.

Rocks with relatively low dO,, typically lower than 500 pmol O2/g
tend to predominate in the crystalline crust and upper mantle (Fig. 6),
while rocks characterized by elevated dOs, typically sedimentary rocks
with dO, exceeding 30,000 pmol O,/g, are pervasive in the surface
environment. This feature hinges, in part, on the ability of C (e.g.
elemental C, CH4) and S (e.g. elemental S, H»S) to donate up to 8 elec-
trons (as opposed to 1 electron for Fe), to reach their reference
(oxidized) valence state, and to the low atomic mass of these volatiles.
Nevertheless, this redox structure does seem to contrast with the notion
that the pO, in the upper mantle is low, and therefore highly reducing
compared to the surface environment (Frost and McCammon, 2008;
McCammon, 2005). Yet, this paradox is only apparent since the ther-
modynamic activity of Oz in a system is in general unrelated to the
absolute abundance of redox elements, but rather to the nature of the
phase assemblage and to the local environmental conditions, chiefly P
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Table 2
Experimental results obtained in the development stage of the method, including blank assessement, test with elemental carbon, elemental sulfur and siderite.
#run Nature of sample Initial OC cap wt. Initial spl. wt. ~ Weight MgO (mg)  Final OC cap wt.  Aw (ug)  AOz(pmol O3)  dO; (pmol O,/g)
(w;, mg) (ws, mg) (Wo, mg)
18 CuO + wool 548.679 5.022 0.000 548.602 77 2.4 479
19 CuO + wool 463.028 5.977 0.000 462.920 108 3.4 565
20 CuO 530.642 0.000 0.000 530.648 —6 -0.2 -
21 CuO 547.758 0.000 0.000 547.751 7 0.2 -
120 CuO 796.665 0.000 0.000 796.666 -1 0.0 -
22 CuO + wool 725.897 0.929 0.000 725.892 5 0.2 168
23 CuO + wool 482.595 0.875 0.000 482.588 7 0.2 250
24 CuO + wool 480.854 7.091 0.000 480.743 111 3.5 489
126 Quartz 766.226 19.884 0.000 766.203 23 0.7 36
138 Quartz 808.798 21.715 0.000 808.771 27 0.8 39
27 Elemental C 573.621 0.121 0.000 573.290 331 10.3 85,486
28 Elemental C 562.482 0.829 0.000 560.196 2286 71.4 86,173
78 Elemental C 738.833 0.555 0.000 737.333 1500 46.9 84,459
89 Elemental C 658.276 0.348 0.000 657.331 945 29.5 84,860
91 Elemental C 855.011 0.221 0.000 854.387 624 19.5 88,235
59 Native S 731.084 3.252 0.000 732.940 —1856 —58.0 -17,835
60 Native S 544.684 0.963 0.000 545.207 —523 —-16.3 —16,972
67 Native S 759.171 2.507 0.000 760.300 —-1129 —-35.3 —14,073
61 Native S 645.617 1.047 - 644.041 1576 49.3 47,039
62 Native S 652.161 0.506 6.009 651.363 798 24.9 49,284
73 Native S 770.942 0.971 5.881 769.458 1484 46.4 47,760
74 Native S 872.949 2.953 8.991 868.237 4712 147.2 49,865
80 Native S 753.265 1.446 10.527 750.942 2323 72.6 50,203
114 Native S 880.420 1.762 3.098 877.803 2617 81.8 46,414
115 Native S 900.949 3.112 4.320 896.449 4500 140.6 45,188
159 Native S 887.464 2.954 11.725 882.904 4560 142.5 48,240
160 Native S 888.737 4.816 9.823 881.448 7289 227.8 47,297
161 Synthetic magnetite 831.431 11.008 0.000 831.035 396 12.4 1124
162 Synthetic magnetite 813.885 8.142 3.468 813.601 284 8.9 1090
88 Siderite 598.729 5.035 0.000 598.406 323 10.1 2005
90 Siderite 778.760 5.038 0.000 778.426 334 10.4 2072
92 Siderite 838.926 3.568 0.000 838.695 231 7.219 2023
Aw (pg) Aw = (Wo-w;) x 10% , when w, and ,,; are
expressed in milligrams.
AO; (pmol O5) Absolute redox capacity, AO, = Aw / M, with M the molar mass of O,, and Aw is in micrograms.

dO, (pmol O2/g) Mass specific redox capacity, dO, = AOy/wy

Table 3

Experimental results obtained for selected natural materials.
#run  Nature of Rock Initial OC cap wt. (w;, Initial spl. wt. (w, weight MgO Final OC cap wt. (w,, Aw AO, (pmol dO, (pmol Oy/

sample type mg) mg) (mg) mg) () 02) 8)

33 KO0783 UM 529.690 21.038 0.000 529.572 118 3.7 175
57 KO0783 UM 555.712 29.171 0.000 555.520 192 6.0 206
58 KO0783 UM 506.304 21.138 0.000 506.150 154 4.8 228
31 KO00750 (1) LC 520.076 24.045 0.000 519.747 329 10.3 428
47 KO00750 (2) LC 207.013 25.687 0.000 206.556 457 14.3 556
48 KO0750 (3) LC 493.314 30.051 0.000 492.931 383 12.0 398
77 KO0750 (4) LC 820.912 37.273 7.680 820.489 423 13.2 355
32 KO0722 LC 539.599 35.465 0.000 539.394 205 6.4 181
37 KO07109 MC 527.891 64.700 0.000 527.309 582 18.2 281
35 KO007121 ucC 653.185 26.726 0.000 652.791 394 12.3 461
53 s119 (1) sed 493.939 17.876 0.000 493.481 458 14.3 801
54 5119 (2) sed 498.503 9.528 0.000 498.254 249 7.8 817
87 MSG9a sed 774.476 2.642 3.087 771.252 3224 100.7 38,134
83 MLC sed 756.141 0.615 5.426 755.767 374 11.7 19,004
55 KTB (1) sed 524.033 1.048 0.000 522.292 1741 54.4 51,914
56 KTB (2) sed 583.474 3.408 0.000 577.900 5574 174.2 51,111
64 KTB (3) sed 826.336 1.841 9.185 823.171 3165 98.9 53,724
Aw (pg) Aw = (Wo-w;) x 10% , when w,, and w; are expressed in milligrams.
AO; (pmol O5) Absolute redox capacity, AO, = Aw / M, with M the molar mass of O,, and Aw is in micrograms.
dO2 (pmol O,/g) Mass specific redox capacity, dO; = AOy/w;
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Fig. 6. Values of mass specific redox capacity obtained for representative rock
types from the upper mantle to surface environment (cf. Table 1 and 3).

and T (Wood et al., 1990). Instead, the ability of biological processes to
decouple reductants (e.g. S, C) from oxidants (e.g. O) in the surface
environment (Falkowski and Godfrey, 2008), together with the effi-
ciency of sedimentary processes to prevent their immediate recombi-
nation (Galvez, 2020), may play the key role in shaping this peculiar
redox structure. Clearly, more work is needed to investigate the distri-
bution of reductants in various surface environments and deep litho-
spheric settings, and assess whether this distribution has changed
through time.

4.2. Geological applications

We envisage a range of potential applications for this type of mea-
surement. First, estimates of paleoenvironmental redox conditions
(Falkowski et al., 2008; Moore et al., 2017) have relied on changes in the
immobilization of redox-sensitive elements (e.g. C, N, S, Fe, Zn, Mo, ...)
in sediments (Tribovillard et al., 2006), and/or on the differential
preservation of organic biomarkers (Anderson et al., 2019). However,
these approaches are sensitive to distinct oxygenation thresholds, and
usually clustered towards the reducing end of the spectrum. As such,
they do not allow reconstructing past changes along the entire range of
redox conditions observed at the Earth’s surface. In this context, the AO,
metric may offer a larger spectrum of investigation, as well as a more
nuanced and self-consistent approach to address the issue. For example,
it may help assessing how changes in subsurface ocean oxygenation
relate to changes in respiratory carbon storage during Plio-Pleistocene
glacial-interglacial cycles (Jaccard and Galbraith, 2012; Jaccard et al.,
2016; Jacobel et al., 2019).

Second, the method may help quantify various processes of redox
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partitioning associated with the sedimentary and plate-tectonic cycles.
For example, while the sequestration of photosynthetized organic C (C%)
in marine sediments is widely recognized as the dominant O, source on
geological timescales (Galvez, 2020; Berner, 1982; Hayes and Waldba-
uer, 2006), the burial of reduced S plays the same qualitative role but it
has proved more tricky to quantify. This is because S occurs in multiple
oxidation states in various phases: pyrite (FeSy), pyrrhotite (FexS(1.x)),
organic S, elemental S etc. As a result, various indirect and often semi-
quantitative approaches have been taken to tie S burial to C burial
(Berner, 1982) or, alternatively, to the abundance of reactive Fe in the
rock (Canfield, 2004). Solving this question would bring us one step
closer to determining whether hydrothermal weathering of the oceanic
lithosphere (a net sink of Oy on geological timescale, Hayes and Wald-
bauer 2006, Evans, 2012, Galvez, 2020) is offset by the burial and
subduction of reduced C and S in deep-sea sediments (a net source of O3)
and, therefore, determine whether subduction zones are, or not, redox
neutral (Evans, 2012, Galvez, 2020).

4.3. Accuracy of the method and future development

In contrast to other approaches requiring complex analytical infra-
structure and a combination of distinct measurements, our method is
cost- and relatively time effective, and applicable to a wide range of
materials. Its main advantage is its self-consistency, providing a measure
of a system’s redox (electron-donor) capacity via a standard protocol,
with experimentally defined reference conditions, and with a single
approach regardless of the redox element considered.

However, the method may be improved in the future. For example,
while we have shown that the disproportionation of CuO promotes
oxidation of FeO, C and S to their highest oxidation state under the
experimental conditions, this may not be the case for an important
redox/sensitive oxide such as MnO (data not shown), an element rele-
vant for recent or ancient marine environments (Johnson et al., 2013;
Schissel and Aro, 1992; Tumiati et al., 2015). Therefore, a systematic
study of a suite of minor or trace metal oxides that are also redox-
sensitive in a range of surface end deep Earth environments (e.g.
MnO, NiO, CoO, CrO) is indicated.

Moreover, in its current standard design, the method does not allow
isolating the fractional contribution of each redox-sensitive element to
the total redox capacity of the sample. This aspect may be explored in
the future.

5. Conclusion

We have designed a self-consistent analytical procedure that allows
measuring the redox capacity of rocks and sediments. It relies on a novel
high-temperature redox titration protocol involving a solid-state oxygen
donor (CuO). We have demonstrated the accuracy and reproducibility of
this method for Fe, S and C, by far the more important redox active el-
ements in sedimentary and crystalline rocks.

Preliminary applications of the method to a suite of rock materials
showed orders of magnitude differences in redox capacity between
typical upper mantle rocks and carbonaceous sediments. Kinetic and
thermodynamic processes are jointly responsible for this complex redox
structure.
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