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Abstract

Geochemistry is a discipline in the Earth Sciences concerned with understanding the chemistry of the Earth,
and what that chemistry tells us about the processes that control the formation and evolution of Earth materials
and the planet itself. The periodic table and the periodic law, as developed by Mendeleev and others in the 19"
century, is as important in geochemistry as in other areas of chemistry. In fact, systemisation of the myriad of
observations that geochemists make is perhaps even more important in this branch of chemistry, given the
huge variability in the nature of Earth materials — from the Fe-rich core, through the silicate-dominated mantle
and crust, to the volatile-rich ocean and atmosphere. This systemisation started in the 18" century, when
geochemistry did not yet exist as a separate pursuit in itself. Mineralogy, one of the disciplines that eventually
became geochemistry, was central to the discovery of the elements, and 19™ century mineralogists played a
key role in this endeavour. Early “geochemists” continued this systemisation effort into the 20™ century,
particularly highlighted in the career of V.M. Goldschmidt. The focus of the modern discipline of geochemistry
has moved well beyond classification, in order to invert the information held in the properties of elements
across the periodic table and their distribution across Earth and planetary materials, to learn about the
physicochemical processes that shaped the Earth and other planets, on all scales. We illustrate this approach
with key examples, those rooted in the patterns inherent in the periodic law as well as those that exploit
concepts that only became familiar after Mendeleev, such as stable and radiogenic isotopes.
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1 Introduction

Geochemistry (see texts [1-3]), as the name suggests, straddles the fields of chemistry and geology: it seeks to
use the concepts and tools of chemistry to understand the Earth, its present state and its evolution over its 4.6
Ga history. The discipline is closely allied to the adjacent fields of planetary chemistry — the Earth itself is a
planet after all — and cosmochemistry (e.g. [4]), sciences that are mostly concerned with extra-terrestrial
objects, including planets beyond earth, the stars where nucleosynthesis of the elements occurs, and the
meteorites and comets that constitute extra-terrestrial messengers from within and outside our Solar System.
All these inter-related disciplines use similar methodologies and instrumentation to achieve twin objectives:
to systematise observations on the chemical makeup of naturally-occurring materials, and to use the
systematics to understand the principle physicochemical processes that form those materials, now and in the
past. An important, somewhat more recent, sub-discipline within geochemistry also bridges to biology:
biogeochemistry seeks to understand interactions between the biosphere and the chemistry of their abiotic
environment (e.g. [5]).

Most of this volume concerns itself with the relevance of the periodic table in various branches of chemistry.
The purpose of this contribution is to illustrate the importance of periodic relationships to the subject of
geochemistry. We start by outlining some characteristics of the discipline that make systematisation
particularly important. We then provide a historical perspective, with a focus on the role played by earth
scientists in the discovery of the elements and the efforts at classification and systematisation that characterised
the 19" century, leading ultimately to the periodic system we know today. Geochemistry emerged as a separate
sub-discipline of the earth sciences only in the 20™ century, and only fully in the latter half of that century.
However, an important branch of what eventually became geochemistry — mineralogy — played a significant
role in both the discovery of the elements and in the development of the periodic system, prior to and during
the 19" century. Finally, and most importantly, we illustrate with some examples how geochemists look at,
interact with, and seek to further develop, the periodic system today.

2 The scope of geochemistry and the particular need for systematisation

Geochemistry has to deal with complex natural materials, that often contain every element in the periodic table
at some non-zero concentration. Two examples of this phenomenon are shown in Fig. 1 and Fig. 2.

Fig. 1 [3] depicts the periodic table as a histogram that shows the variation in elemental concentrations
estimated for the bulk silicate Earth (BSE), that part of the planet that is made up of minerals, rocks and their
molten products that are predominantly composed of oxides of silicon. Spatially, the silicate Earth is located
in the outer solid crust and the underlying mantle, thus excluding the Fe-rich core and the outer fluid envelope
(ocean and atmosphere). More than 99% of the BSE is made up of just 6 elements: oxygen, magnesium, silicon,
iron, aluminium and calcium (Fig. 1). Oxygen being by far and away the most abundant anion, geochemists
today continue the pre-Mendeleevean habit of expressing major cation concentrations in percentages of the
equivalent oxide.

Geochemists use the “major” element composition of material brought to the Earth’s surface, for example by
volcanism, to track the similarities and differences between large-scale aspects of the bulk composition of the
Earth and that of other Solar System bodies (e.g. [6]). They use the same data to understand the large-scale
chemical differentiation of the Earth powered by its internal heat — e.g., the separation of a metallic core (e.g.
[7]) or the formation and preservation of the continental crust (e.g. [8]). The methods of equilibrium
thermodynamics are used to understand the organisation of the major elements into different mineral phases
as a function of temperature and pressure (e.g. [9,10]). But what Fig. 1 also amply demonstrates is that
geochemists concern themselves with the remaining <1%, beyond the 99% of the “major” elements. Indeed,
“minor” and particularly “trace” element geochemistry has been of great and lasting utility (see section 4 for
more on this). For example, the trace element geochemistry (as well as the isotope geochemistry - see below)
of melts of the Earth’s mantle, delivered to the surface by volcanism, has helped to quantify chemical
heterogeneity in a part of the Earth that cannot be directly sampled (e.g. [11]), given a theoretical and
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experimental understanding of the partitioning of these trace elements between melt and solid residue as a
function of the ionic charge and radius of the element concerned, and at the pressures and temperatures at
which the melts are produced and equilibrate with residual solid (e.g. [12]). The ultimate aim of such
endeavours is to elucidate the physical structure of the Earth’s interior and its dynamical evolution over the
4.6 Ga of Earth history (e.g. [13]).

Similarly, the chemistry of the fluid envelopes around the solid Earth are also dominated by a small number
of abundant elements. The surface Earth chemical cycles of this set of major elements, that make up the
atmosphere, the ocean, as well as the chemical sediments that precipitate from that ocean, can tell us
fundamental things about how the Earth has evolved. The preponderance of Fe-rich chemical sediments in the
first 2 billion years of Earth history tells us that the surface Earth was vastly more reducing than now (e.g. [14-
16]). The abundance of molecular O, in the modern atmosphere is a more recent phenomenon, resulting from
the advent of oxygenic photosynthesis and the ability of plants to use sunlight to split water in order to reduce
oxidised carbon. Chemical sediments built from the reduced and oxidised forms of carbon help record
variations in the operation of the carbon cycle in Earth history (e.g. [17]), and has implications for the evolution
of the surface environment as controlled by the natural greenhouse gases based on molecules involving carbon.

Figure 2 shows the variability in the dissolved concentrations in seawater, of elements, from across the periodic
table, and illustrates how marine geochemists have also gone beyond the abundant elements. This variability
must be explained by the major processes controlling seawater chemistry (e.g. [19-21]). For example, the
spatial homogeneity in aqueous concentrations of most alkali metals, alkaline earths and the halogens is
controlled by their high solubility in water. This feature of these elements results in a huge pool in solution in
the global oceans, one that, on the timescale on which the oceans physically mix, is not easily modified by
spatially variable processes (e.g., delivery by sources to the oceans such as rivers, or hydrothermal fluids,
removal from solution by uptake into living cells or sorption to particle surfaces). Such homogeneity stands in
marked contrast to the variability in the abundances of biologically active elements. Phosphorous, nitrogen (in
their bio-available forms, as POs> and NOs), and many transition metals are reduced to near zero
concentrations in the sunlit upper ocean (photic zone), where photosynthesising algae need them for their
metabolism (e.g. [18]). Oxygen, supplied to the surface ocean through equilibration with the atmosphere, often
shows a minimum at mid-depth where it is removed by aerobic respiration of sinking dead algal organic matter
photosynthesised in the photic zone above. Other elements that are not particularly biologically-active, like
aluminium or the rare earth elements, show variability due to local sources and sinks, such as removal by
sorption to particles and sedimentation or sources from particles at depth or from the sediment (e.g. [22]).
Geochemists use the kinds of information that are encapsulated in Fig. 2 to, for example, quantify and
understand the major geological sources and sinks to the seawater solution (e.g. chemical weathering of the
continents, hydrothermalism, sedimentation), and to elucidate the rate and pattern of biological uptake and the
physical ocean circulation. They do this for the modern ocean that can be directly sampled (see e.g.,
www.geotraces.org), and they do it for the past ocean using chemical sediments precipitated from the past
ocean (e.g. [23]).

Thus, the complexity of natural materials provides multiple sources of information that allow geochemists to
learn about how the Earth works. But it also presents difficulties, difficulties that make the systematisation
that is inherent in the periodic system and variants thereof crucial. Geochemists do not deal with simple
laboratory systems. As Figures 1 and 2 illustrate, natural materials, be they mineral phases, rocks, silicate
melts, aqueous solutions, or samples of atmospheric gas and aerosol, are often complex mixtures of every
element in the periodic table. Complexity in geochemistry arises in other ways too. Geochemists think on
spatial scales that range from the sub-atomic to that of the whole Earth. Planetary chemistry and
cosmochemistry are concerned with even bigger scales. They also think on timescales ranging from the
fractions of a second on which some natural chemical reactions take place, to the multi-billion-year lifetime
of the Earth and the Solar System.

The scope of geochemistry is thus very broad. Geochemists measure, using ever more sophisticated
instrumentation and down to the nanometre scale, variations in the concentrations of trace elements that are
present in Earth materials at the femtomolar level. This analytical approach is coupled to experimental
simulations of Earth and Solar System materials under natural conditions, to understand the controls on their
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chemistry, including their trace element geochemistry, and extending to the extremely high pressures and
temperatures pertaining to the interiors of Earth and other planets (e.g. [24]). The third approach is more
theoretical: numerical simulations that extend in scale from ab initio quantum chemical calculations on the
interactions between a small number of atoms, up to planetary-scale simulations of large-scale mass transfer
governed by advection and diffusion but incorporating chemical reactions as well (e.g. [25,26]). Because the
main processes, and the timescale of those processes, are different for the solid Earth versus the ocean or the
atmosphere, geochemists tend to focus on one of them. Geochemists, too, often restrict themselves to particular
parts of the periodic table. Geochemistry has also incorporated the principles and knowledge developed in
organic chemistry (e.g. [27]). The geochemistry of the noble gases, a group of elements not considered by
Mendeleev, is an important sub-discipline (e.g. [28]). The authors of this paper are currently particularly
interested in what the geochemistry of the transition metals tells us about biological cycling in the modern and
past oceans (e.g. [29.30]). Still others focus on the lanthanides — the rare earth elements — whose coherent
behaviour in Earth materials has made them particularly useful (e.g. [31]). Another important sub-discipline
of geochemistry in which the two authors of the current paper are particularly invested, is isotope geochemistry
(e.g. [32]). This latter discipline, much younger than Mendeleev, has revolutionised both our understanding of
the chronology of Earth evolution and many aspects of mass transfer processes around the current and past
Earth.

The need to systematise all this information, and to then make use of the systematics to understand processes,
has, obviously and as in every other aspect of chemistry, led to a deep engagement with the periodic system.
As in Fig. 1, and as will be seen again later in this contribution, earth scientists have been particularly active
in augmenting and refining the periodic table, with the aim of further systematising the complex information
they have to deal with in natural materials.

3 Historical perspective

The entry under “History” in the Encyclopedia of Geochemistry [33] notes that the first use of the term
“geochemistry” was in 1838 by Christian Friedrich Schonbein, a Swiss professor of chemistry and physics at
Basel and the discoverer of ozone. However, it was only in the 20" century that geochemistry became
differentiated from chemistry and geology, to form its own discipline. It really only grew into the quantitative
and technology-driven field we know today in the latter half of that century. Nevertheless, sub-fields of
geology that eventually emerged into geochemistry contributed significantly to both the discovery of the
elements in the 19™ century, and to the establishment of the periodic system. The discovery of radioactive and
stable isotopes around the turn of the 20™ century had major implications for the periodic table whilst also
giving geochemistry one of its most important tools today. The founders of the discipline — Victor Moritz
Goldschmidt, Frank Wrigglesworth Clarke, Vladimir Vernadsky, Harold Urey and Claire Patterson prominent
amongst them — built on this foundation in the first half of the 20™ century to launch geochemistry on the path
to modernity. In this section we briefly review these historical developments before returning in detail, with
some key examples, of the use and relevance of the periodic table in and to modern geochemistry in section 4.

3.1 Mineralogy and the discovery of the elements before and during the 19" century

Approximately 16 elements were known in 1750, most of them since antiquity [34,35]. By the time Mendeleev
and others were thinking about a system of classification in the 1860s, the number that had been isolated and
characterised had increased to around 60. After 1870, but before the discovery of radioactivity, an entirely new
group, the noble gases, was added and many of the rare-earth elements were unequivocally separated.
Lutetium, hafnium and rhenium were the only elements with at least one stable isotope to be added in the 20™
century. Other than the noble gases, few elements are found in their elemental form in nature, and only rarely
as simple compounds. They all had to be isolated from natural substances — usually from minerals, in a few
cases from natural waters or from the atmosphere. The 150 years between 1750 and 1900 saw a craze for the
documentation and classification of the natural world, a craze that helped to drive the discovery of the new
elements. Though the work of isolation and characterisation was a chemical task, mineralogists played an
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important role, particularly in the case of the metallic elements on the left of the periodic table. Sometimes,
the chemist and the mineralogist were combined in a single person. Many chemists were amateur mineralogists
but, in several cases, the chemists who did the analysis also had formal training, and even held a chair, in
mineralogy. In other cases, the discoveries resulted from strange new minerals found by mineralogists,
subsequently analysed by laboratory chemists.

In the late 18™ century, before the spurt of element discoveries that came about with the advent of
electrochemical techniques, the isolation of elements was often done starting with the simplest naturally-
occurring minerals. Thus, nickel was discovered by the Swedish mineralogist and chemist Baron Axel Fredrik
Cronstedt in 1751 [34], when trying to extract copper from a nickel arsenide (NiAs). Often the metals were
extracted by smelting — heating the ore mineral with charcoal or another form of reduced carbon to reduce
metals in naturally-occurring oxides, sulphides, arsenides etc. Molybdenum and tungsten were isolated from
the minerals molybdenite and wolframite in the 1780s. Fausto de Elhuyar, one of the two brothers credited
with the discovery of tungsten [36], studied and taught mineralogy in Spain between stints in charge of Spanish
mines in Mexico. Similarly, uranium was first isolated by Martin Heinrich Klaproth in 1789 by first dissolving
the mineral uraninite — then called pitchblende - in nitric acid followed by precipitation as an oxide with sodium
hydroxide and reduction with charcoal [37]. The other long-lived actinide, thorium, was discovered in 1829
[34] after Jens Esmark, a Danish-Norwegian professor of mineralogy and geology in Oslo, sent a sample of
the mineral thorite — (Th,U)SiO4 — to Jons Jacob Berzelius (on whom more below).

Klaproth was a mineralogist as well as a professor of chemistry in Berlin. He also analysed emeralds and beryls
(e.g. BesAl:SisOis) but failed to identify beryllium as a new element. Beryllium was eventually isolated in
1798 by chemist Louis-Nicolas Vauquelin [38], from minerals supplied by French priest, mineralogist,
contributor to the development of the metric system and the “Father of Modern Crystallography” René Just
Hatiy [39]. In 1791 Klaproth had also realised that the mineral rutile (TiO) contained a previously unknown
element that he named titanium. Credit for the discovery of titanium, however, is given to the British clergyman
and amateur geologist, William Gregor. Gregor, also in 1791, isolated titanium oxide from ilmenite (FeTiOs3)
he had found in a Cornish stream [37].

The first decade of the 19th century saw a spate of element discoveries, including sodium and potassium by
Humphrey Davy using the new methods of electrochemistry [35]. Klaproth figures here again, however,
having discovered “potash”, long used as a fertilizer, in the minerals leucite and lepidolite. The discovery of
the heavier alkali metals rubidium and cesium had to wait until the 1860s, for Bunsen, Kirchoff and flame
spectroscopy [34]. Cesium was discovered in a local mineral spring while the rubidium came from the mineral
lepidolite, in which lithium is a major constituent. Lithium itself had been isolated from the mineral petalite
(LiAlSi4010) decades earlier (1817) by Johan August Arfwedson, working in the laboratories of fellow Swede
Jons Jakob Berzelius [34]. Arfwedson held degrees in both law and mineralogy, while Berzelius’s analysis
and preparation of compounds of new elements was fostered by a strong interest in mineralogy. Both have
minerals named after them (arfvedsonite, a sodic amphibole, and berzelianite, a copper selenide; [40]).

Davy also used the new electrochemical techniques to isolate the four alkaline earths beneath beryllium in the
PTE: Mg, Ca, Sr and Ba [35]. The salts of Mg and Ca had, of course, been known from antiquity. Strontium
is named after the Scottish village of Strontian, where it was discovered in the ores of the lead mines, and was
initially named strontianite by Scottish chemist Thomas Charles Hope [41]. The mineral collector Friedrich
Gabriel Sulzer, together with fellow German Johann Friedrich Blumenbach, had analysed the mineral in 1791
and also named the mineral (SrCOs) strontianite, stating that it contained a new element, one that was distinct,
for example, from the main constituent of the mineral witherite (BaCO3). Witherite has been named after the
English geologist, mineralogist, botanist and chemist William Withering [40], who found it in Cumberland,
also in lead mines. These mineral names stuck. The elements were given their modern names by Davy when
he isolated them in 1808.

The first decade of the 19" century also saw the separation of a number of platinum group elements (Pd, Rh,
Os, Ir) by William Hyde Wollaston and Smithson Tennant [42]. The mineral wollastonite (a pyroxene with
chemical formula CaSiO;) and the Wollaston Medal, the highest award granted by the Geological Society of
London and made from palladium, are named after the former. Wollaston also contributed to a controversy
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concerning two elements, told in [43], that have become important in geochemistry. The element niobium (Nb)
had been identified by English chemist Charles Hatchett in 1801. Hatchett had discovered niobium in the
mineral columbite (Fe,Mn)Nb.Ogs and had called it columbium. Tantalum (Ta), directly beneath it in the
modern periodic table, was discovered in 1802 by Swedish chemist Anders Ekeberg, in the mineral tantalite -
(Fe,Mn)Ta,0¢. In 1809 Wollaston, despite finding that densities of the two oxides isolated from the two
minerals were very different, concluded that the new element that Hatchett had claimed was, in fact, just
tantalum. Further confusion was introduced in 1846, when the German mineralogist and chemist Heinrich
Rose argued not only that the two elements differed but suggested a third, pelopium. The differences between
tantalum and niobium were finally demonstrated in the 1860s by, among others, Christian Wilhelm Blomstrand
and Jean Charles Galissard de Marignac. Blomstrand was a Swedish mineralogist and chemist while Marignac
held the chairs of both mineralogy and chemistry at Geneva from 1845 to 1878.

It is interesting to a modern geochemist that all this confusion arose from the minimal chemical differences
between tantalum and niobium. The minerals columbite and tantalite are chemically and structurally identical,
being a solid solution between Nb and Ta end-members. The similar behaviour of the two elements during
igneous processes, with nearly identical ionic radius and the same charge, led to them being regarded as
geochemical “identical twins” during partial melting of the Earth’s mantle (e.g. [44-47]). Despite this, the
Nb/Ta ratios of the Earth’s upper mantle (conventionally thought to be the solid residue remaining after
extraction of a partial melt that became the continental crust) is different, at 15-16, from the continental crust,
at 11-13. Moreover, these two reservoirs, formed by the chemical differentiation of the silicate Earth through
partial melting, do not add up to the 17.4 of chondritic meteorites, often thought to represent the bulk Earth
before differentiation into core, mantle and crust. These observations require a missing reservoir in the interior
Earth and a process that fractionates Nb from Ta, counter to the idea of their behaviour of geochemical twins.
The missing reservoir may be the Earth’s core [46] or a deeply subducted slab at the core-mantle boundary
[45,47] The process that fractionates Nb from Ta may be the preferential partitioning of Nb into the iron-rich
core [46], or slightly different partitioning of the two elements between fluid and mineral phases formed in
subduction zones. These hypotheses, though competing, illustrate the use in geochemistry of ratios of two
elements whose behaviour is broadly very similar but whose partitioning under specific conditions identifies
the importance of a particular process.

Swedes and Germans figure prominently in the history of element discovery in the 19" century, and nowhere
more than in the long and fascinating sequence of events that led to the lanthanide series on the modern periodic
table. The rare earths, usually the lanthanides with scandium and yttrium, were a particularly tough nut to crack
for the 19™ century chemists and mineralogists because the similarity of the chemical properties across the
series made them difficult to separate unequivocally as distinct elements. Like Nb and Ta, this is precisely why
they have been of such utility in modern geochemistry (see section 4.3): they behave as a coherent group of
elements but exhibit small differences one from the other, differences that help to identify and elucidate the
operation of quite specific processes.

The story starts with the isolation of the oxide “yttria” in 1794, from the mineral ytterbite (later renamed
gadolinite) that had been found in 1787 near the Swedish village of Ytterby by Carl Axel Arrhenius [48].
Arrhenius sent it to Johan Gadolin, a Finnish chemist and mineralogist, who separated the new oxide (then
called an “earth”) from it. The find was confirmed by Anders Gustaf Ekeberg in 1797 who named the new
oxide, equivalent to the element yttrium. A few decades previously, in 1751 another new mineral, cerite, had
been found by Cronstedt at Bastnis in Sweden. Berzelius isolated a new oxide from it that he called ceria, in
1803, the same year that Klaproth discovered the same oxide [37,48]. In 1839 a third mineral came to light,
samarskite, described by the German mineralogist Gustav Rose (brother of Heinrich — see above) from the
southern Urals [49]. In truth, all these minerals, and the oxides that the early work separated, contained
mixtures of the rare earth elements (cerite enriched in the light REE, ytterbite in Y and the middle REE). In
the late 1830s and early 1840s, Carl Gustaf Mosander showed ceria to be a mixture of oxides, including
lanthana and what he called didymia [34,48]. At the same time, he also separated yttria into yttria, terbia and
erbia. The metals that formed these oxides were thus named lanthanum, didymium, yttrium, terbium and
erbium. It took another 30 years, and the advent of flame spectroscopy, before Paul-Emile Lecoq de
Boisbaudran identified samarium in samarskite (1879), with gadolinium being further separated from the same
mineral a year later [48]. Boisbaudran also discovered dysprosium, and went on to isolate europium from
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samarium-gadolinium concentrates in 1892. Meanwhile, in 1885 Carl Auer von Welsbach further realised that
didymium was comprised of two separate elements, praseodymium and neodymium [34,37].

The Swedish chemist, biologist, mineralogist and oceanographer, Per Teodor Cleve, who started his academic
career as an assistant professor of mineralogy at Uppsala, discovered holmium and thulium in 1878 and 1879
while removing impurities from a sample of erbium oxide [37]. Significantly for this volume, he also proved
that the newly discovered element scandium, isolated by Lars Fredrik Nilson from ytterbite in 1879, was the
“eka-boron” predicted by Mendeleev [35]. Ytterbium was isolated from ytterbite by Marignac in 1878 [37].
In 1907, the French chemist Georges Urbain further separated Marignac's ytterbia into two components that
he called neoytterbia and lutecia. Neoytterbia later became known as the element ytterbium, and lutecia
became known as the element lutetium. Two other scientists, von Welsbach and the American Charles James,
independently isolated these elements at about the same time. A precedence dispute between Urbain and
Welsbach had to be settled by the Commission on Atomic Mass. This consisted of three people: rather unfairly
Urbain himself, with the other two being Wilhelm Ostwald and Frank Wrigglesworth Clarke. Unsurprisingly,
the Commission found in favour of Urbain [50]. Clarke was the chief chemist of the U.S. Geological Survey
from 1883 until his retirement in 1925. He was a founder of the American Chemical Society and is generally
regarded as one of the fathers of geochemistry [33]. The F.W. Clarke medal of the Geochemical Society is
awarded annually to an outstanding early career scientist in the areas of geochemistry or cosmochemistry.

The final chapter in the 19" century was played out with the discovery of the noble gases, entirely un-
anticipated by Mendeleev. The first evidence for helium had come from the Solar spectrum in 1868, via a
yellow line with wavelength 587.49 nm — what became known as the D3 line [37]. An Italian geophysicist,
Luigi Palmieri detected terrestrial helium for the first time in 1881, finding the D; line in a sublimate from a
recent eruption of Mount Vesuvius [51]. In 1895, Sir William Ramsay isolated helium from the mineral
cleveite, a variety of uraninite ([37]. This mineral was named after Per Teodor Cleve (see above), who
independently isolated helium in the same year [37]. Ramsay and co-workers famously did the rest except for
radon, which became the fifth radioactive element discovered, in 1899 by Ernest Rutherford and Robert
Owens. The danger from exposure to radon in mines is now well known. It is fascinating to note that Georg
Agricola, whom White [33] credits with the first geochemical text, De re metallica (1556), recommended
ventilation in mines to avoid a wasting disease called mala metallorum, identified as lung cancer in the 19t
century.

3.2 The contribution to the development of the periodic system from a geologist

Dimitri Ivanovich Mendeleev is rightly described as “the undisputed champion of the periodic system” [35].
Though, as Scerri [35] also discusses in detail, there were others before him who thought about a periodic
arrangement of the elements, it was Mendeleev’s version that had a lasting scientific impact. Amongst all the
scientists who were thinking along similar lines, it was also Mendeleev who continued to work on the concept,
to develop and refine it. Of the two others who are conventionally listed as co-formulators of the Periodic
Table of the Elements — Lothar Meyer and de Chancourtois (e.g. [35, 52,53]) — the latter was actually a
geologist, which merits some further comment in the context of the topic in hand. Alexandre Emile Béguyer
de Chancourtois was a professor in “subterranean topography” from 1848, and then geology from 1846, at the
Ecole de Mines in Paris. As with all representations of the periodic system before the concept of atomic number
arose in the early 20" century, de Canchourtois’s system [35] used atomic weight as the organising principle.
It was also a three-dimensional concept, with the elements arranged along a spiral (Fig. 3). Each turn of the
screw or spiral returned one to an element with the same properties — e.g. an alkali metal-like group with Li,
Na, K or an alkaline earth-like group with Mg, Ca, (Fe), Sr. Scerri [35] suggests that the name De Chancourtois
gave to his system, the telluric screw, may have come from the fact that De Chancourtois was a geologist, and
the Greek word tellos, for Earth. He also discusses the fact that this complex representation of the periodic
system, and the lack of an accompanying diagram in the original paper, contributed to the lack of recognition
for De Chancourtois.

3.3 The periodic system, isotopy, and the origins of two important sub-disciplines in geochemistry
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Thompson’s discovery of the electron in the 1890s eventually provided the physical key to chemical
periodicity and led Niels Bohr and others to a modern atomic theory of periodicity and the quantum theory of
the atom. The discovery of x-rays by William Rontgen in 1895, and that of radioactivity by Henri Becquerel
a year later, both had huge impacts across many fields. Rontgen’s X-rays provided chemists with a means to
probe the structure of all matter, including minerals and other natural materials. Henry Moseley, in 1914,
proposed the idea of atomic number based on regular changes in the frequency of the K, radiation emitted by
elements in a row across the periodic table. In the 1920s, Victor Moritz Goldschmidt, conventionally regarded
as another of the fathers of geochemistry ([33]; see section 4.1), used X-ray diffraction to measure the ionic
radii of 67 elements. He went on to deduce relationships between radius, charge, atomic number and periodic
group that became “Goldschmidt’s rules” (section 4.1).

The discovery of radioactivity was also important for the periodic table, in that it led directly to the discovery
of many new elements and the filling of many gaps. Thus, the discovery of polonium and radium in 1898 by
Marie Curie [34] arose through the study of radioactivity in natural ores of uranium such as uraninite
(pitchblende). But the discovery of radioactivity was epoch-making in geochemistry: it gave earth scientists a
quantitative tool to establish the timescale for Earth processes. It eventually led to a robust age for the Earth
itself [55], and the primacy of the long-held view of geologists that the Earth had to be billions of years old
over that of physicists like Lord Kelvin, who argued for an age of 20-40 million years [56]. Similarly, the
realisation by Thompson and Aston that most elements consisted of multiple stable isotopes cleared up some
19" century confusions concerning atomic weight and its periodicity [35]. But also, through Harold Urey’s
theoretical demonstration in 1947 [57] that nuclear mass has consequences for chemical bonding and rates of
chemical reaction, it gave geochemists a new tool to understand the temperatures of Earth processes in the
past, and the rates and mechanisms of mass transfer around planet Earth. The twin discoveries of radioactivity
and stable isotopy gave geochemistry two of its most important sub-disciplines, radiogenic and stable isotope
geochemistry, disciplines that were to revolutionise many aspects of how we understand the Earth [33].

4 The periodic system in geochemistry and the Earth Sciences

Another of the “fathers” of modern geochemistry, Viktor Moritz Goldschmidt (1888-1947), defined the central
problem of the discipline to be “the determination of the distribution of the elements in the materials of the
Earth and the reasons for this distribution” (quoted in [1]). Goldschmidt was born in Zurich but moved to Oslo
in 1911, where he became professor and director of the Mineralogical Institute [33]. Though he moved to
Géttingen in 1929, he returned to Oslo in 1935. Goldschmidt was Jewish and had to leave Oslo again during
World War II, seeking refuge in Sweden but returning again to Oslo in 1946. Today, the highest honour of the
Geochemical Society, awarded annually for major achievements in geochemistry and cosmochemistry, is
named for him. And it is awarded annually at the premier geochemistry conference, the Goldschmidt
Conference, co-organised by the Geochemical Society and the European Association of Geochemistry and
attended by around 4000 geochemists from across the globe.

Goldschmidt’s work encompassed thermodynamics, and the use of the x-ray spectrograph, to investigate the
details of element abundance in minerals [33]. He realised that REE with even atomic numbers are more
abundant than those with odd, and that their atomic radii decreased with increasing atomic number across the
series. The name he gave to this phenomenon — the lanthanide contraction — is still used in geochemistry today.
Goldschmidt’s work on the ionic radii of the elements in mineral structures (by 1925 he and his colleagues
had measured these for 67 elements [33], led him to propose a way of looking at the potentially bewildering
variability in elemental abundances in Earth materials that is based on relationships between ionic radius, ionic
charge, atomic number and periodic group. This schema (see section 4.1), built on the basis of Mendeleev’s
periodic system, is known to every undergraduate student of geochemistry today as Goldschmidt’s Rules of
substitution, and the resultant classification of naturally-occurring elements as the Goldschmidt Classification.

Goldschmidt’s definition of the central goal of geochemistry, while one that modern geochemists would
certainly recognise and acknowledge, is also reflective of its time. Goldschmidt lived and worked at a time
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when, as has been noted previously, classification and systemisation was still an important scientific pursuit,
especially in young disciplines like geochemistry. Today, we would argue that a more important objective of
geochemistry is to use the systematics that we have learnt to probe the modern planet and its history: essentially
to invert information on the chemical makeup of Earth and Solar System materials to retrieve the
physicochemical processes that determined their formation and evolution. As noted in the introduction, a
quantitative understanding of the controls on element distribution from experiments and theory
(thermodynamics, ab initio methods) is an important string in this particular bow. In the following sections we
seek to illustrate these twin aims, starting with the work of classification and systemisation, whose basis has
to be Mendeleev’s periodic system but which geochemists like Goldschmidt and others have taken further.
But we then go on to illustrate how the systematic behaviour can be used to understand the natural world, not
just to classify it: how large and small differences in the chemical properties of pairs of elements, of element
series, of isotopes of an element, help us understand how the Earth and the Solar System got to where it is
today.

4.1 Classifying Earth materials: Mendeleev, Goldschmidt and beyond

The bulk chemical composition of planet Earth as a whole is mainly controlled by two very large-scale cosmic
and Solar System processes. First, the relative cosmic abundances of all the elements mainly reflect production
in the Big Bang (hydrogen, helium and some lithium), in stellar nucleosynthesis (most elements heavier than
helium), spallation reactions caused by the fragmentation of atomic nuclei via collision with highly energetic
cosmic rays (important for lithium, beryllium and boron), and by radioactive decay (e.g. [4]). The chemical
signature of this history of element synthesis is broadly reflected in the bulk composition of the Solar System
(Fig. 4). It determines, for example, the overall decrease in abundance with increasing atomic number. It is
also reflected in the contrast between the abundances of elements adjacent to each other in the Periodic Table
that have even versus odd atomic numbers, due to the greater stability of nuclei with even numbers of protons
in nucleosynthetic environments (e.g. [58]). Second, the bulk composition of the terrestrial planets is also
controlled by processes occurring during planetary accretion. Obtaining estimates for the composition of the
whole Earth is difficult (e.g. [7,59]). The Earth’s internal heat engine has driven chemical differentiation
throughout its history, beginning during planetary accretion. The result is that we have no single sample whose
chemical analysis tells us the bulk Earth composition. Instead, geochemists need to integrate estimates for the
iron-rich core, the silicate mantle and crust, and the volatile-rich fluid envelope. It is, however, clear that the
bulk chemical composition of Earth, and indeed all the terrestrial planets, is significantly different from the
bulk Solar System. Models of Solar System formation suggest strong temperature contrasts in time and space
within the early solar nebula, leading to differences in time and space in the accretion of different elements to
growing Solar System bodies due to different temperatures for condensation from the gaseous to the solid or
liquid state (Fig. 5). As a result, the planets show a strong chemical zonation, with the four inner terrestrial
planets being strongly depleted in volatile elements relative to both the Sun (Fig. 4) and the outer Solar System
gas giants.

The way this bulk planetary composition is distributed amongst the different physical materials that make up
the Earth is also one of the themes of geochemistry. Fig. 1 illustrated the great variability in the abundances of
the elements in the silicate portion of the Earth. It is a matter of scientific common sense that geochemical
reservoirs at the surface of the Earth other than the crust are very different in their chemical make-up. Thus,
the atmosphere is dominated by nitrogen. The natural waters at the surface of the Earth, rivers, lakes and oceans
(Fig. 2) represent often complex aqueous solutions in which concentrations of different elements range across
more than 10 orders of magnitude. On the modern, oxidised surface Earth with abundant O, in the atmosphere,
many of the aqueous species that these elements form in solution involve oxygen. Much less accessible to
direct scientific observation is the fact that a lot of the iron that the Earth must have, as well as some associated
elements, is missing from the silicate Earth, implying an Fe-rich core on Earth and other Solar System bodies.

Mendeleev’s periodic table can certainly be used to make general statements about how elements are organised
into different materials on Earth, but geochemists have also devised extensions of Mendeleev’s classification
in order to deal with the immense variety and complexity of Earth materials. The first scientist to devise such
a classification was Goldschmidt (Fig. 6; [60]), and his is still used as a qualitative tool today (e.g. Fig. 7).
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Goldschmidt’s conceptual starting point was a hypothetical question: if the Earth had been at some time largely
molten, how would different elements partition into different phases that form as such an Earth cooled. As
discussed in Krauskopf and Bird [1] and White [3], there is a sound theoretical framework within which this
question can be considered. For example, for a system with iron in excess, whether any given metal partitions
into a silicate mineral or a metallic phase is, in theory, predictable from the relative free energies of formation
of the relevant silicate versus that of iron. Goldschmidt himself (e.g. [61]) emphasised observations he had
made using optical and X-ray spectroscopy of natural materials such as meteorites and igneous rocks, as well
as the artificial products of the metallurgical industry: slag (silicate), metallic iron and its alloys, and matte
(sulphide). On this basis he classified the elements that make up the minerals of the solid Earth as either
lithophile (with an affinity for the minerals of “rocks”), siderophile (having an affinity for “iron”) or
chalcophile (literally “copper-loving” but as used here meaning an affinity for sulphide).

In terms of the periodic table (Fig. 7), the lithophile elements occur mostly, but certainly not exclusively, on
the left of the periodic table. The key examples, the alkali metals and alkaline earths, are of course highly
electropositive, highly reactive and have a strong affinity for oxygen. They form bonds that are dominantly
ionic in character. In the mineral phases that make up the solid Earth, as realised by Goldschmidt, their ionic
charge and radius are key to their behaviour and distribution. The alkali metals and alkaline earths are located
in the larger octahedral sites in minerals, whereas the smaller lithophile elements further to the right, e.g. Al,
Si, occur in smaller tetrahedral sites. Elements lower down the alkali metal and alkaline earth groups have
ionic radii that are larger than the octahedral sites in common silicate minerals so that their substitution causes
lattice distortion. These elements are classed by igneous geochemists as “incompatible elements™: in a system
consisting of a mixture of melt and solid minerals these elements will not readily partition into the solid. This
is also the case for smaller than ideal ions, e.g. Be. Further right in the periodic table, lithophile cations like
Zr, Hf and Nb are about the right size for silicate minerals but are more highly charged, so that their substitution
into silicate minerals requires a coupled substitution to maintain charge balance. These “high-field strength”
elements are also incompatible and, for example, zirconium becomes so enriched in igneous melts that it
eventually forms its own mineral phases from late residual melts. Siderophile elements tend to be in the centre
of the periodic table, mainly in groups 8-10. In his papers, Goldschmidt, as early as the 1920s, surmised that
the scarcity in the Earth’s crust of precious metals such as platinum and palladium arises because these
elements would preferentially partition into a metallic iron phase so that they are now concentrated in the
Earth’s “nucleus” or core (see [61]). Chalcophiles occur in groups 11 and 12, and in the lower half of groups
13-16. It is now recognised that sulphide minerals that concentrate the chalcophile elements in the Earth’s
crust are mostly derived from an aqueous fluid rather than a melt.

Goldschmidt also defined two other element groups. The noble gases, on the extreme right of the periodic
table, are the main constituents of the atmophiles. The noble gases are extremely volatile, are rare in solid
Earth materials, and readily exsolve from silicate melts into a gaseous phase at low pressures. The atmophile
group also includes more reactive elements, like nitrogen, carbon and hydrogen, that form compounds that
also readily partition into a gas or aqueous phase. Goldschmidt included the halogens of group 17 in this
category, while the modern version of the classification shown in Fig. 7 separates Goldschmidt’s atmophiles
into two groups that concentrate in a gas phase versus an aqueous fluid. Goldschmidt [61] defined a fifth
grouping of elements, the biophiles, elements that are particularly important to the organic materials that make
up the biosphere. In doing so he credited another early geochemist, the Russian Vladimir Ivanovich Vernadsky.
Vernadsky (1863-1945) worked with Marie Curie, but is best known to modern geochemists as the father of
biogeochemistry, the discipline that is concerned with the geochemical behaviour of biologically-important
elements like carbon, hydrogen, oxygen, nitrogen, sulphur, phosphorous, and many transition metals. Yet
another medal awarded at the annual Goldschmidt conference is named after Vernadsky. Implicit in the
particular modern version of Goldschmidt’s classification shown in Fig. 7 [60] is the point that was also made
by Goldschmidt: the precise behaviour of an element depends on a number of variables — e.g. temperature,
redox conditions - so that many elements can exhibit more than one category of behaviour.

Goldschmidt also considered how the processes he invokes that lead to the partitioning of different elements
into different part of the Earth can be seen in terms of four stages in the planet’s history:



“The first stage represents the partition according to affinity properties, which govern the partition between
ionic, semi-metallic, and metallic phases, besides eventually a vapour phase, having come into action
during the very early history of the earth. The second stage during processes of crystallisation represents
the sifting and sorting of elements by crystals, according to particle size, especially ionic size, the order of
introduction into fitting crystal lattices being controlled according to ionic charges. In the third stage of
geochemical evolution, represented principally by the formation of sedimentary rocks, the quotient between
ionic charge and ionic radius, the ionic potential, is a most important principle, governing the distribution
of elements in the sediments. The fourth stage, controlled by the activities of living organisms, again
furnishes remarkable concentrations and assemblages of elements, in part governed by special chemical
valency properties, and in part directed by dominatingly physical principles.” Goldschmidt [61].

We have already alluded to the main processes in stages 1, 2 and 4 in the above statement. Stage 3, the cycle
of chemical weathering of rocks on the continents, the transfer of dissolved elements via rivers to the oceans,
and the precipitation within the oceans of authigenic sedimentary minerals, is also controlled by key properties
of elements as encapsulated in Goldschmidt’s classification and the changing properties of elements across the
periodic table. For example, the ionic bonds formed by the lithophiles at the left and right of the table are
readily disrupted by water, such that these elements are very soluble in aqueous fluids and are present at high
concentrations in seawater (e.g. Fig. 2). By contrast the highly-charged lithophile metals to the right of Groups
I and II are often insoluble, in the case of the high field strength elements extremely insoluble. These latter are
immobile in weathering, and tend to be concentrated in soils. In fact, they are often used as reference elements
in assessing the degree to which chemical weathering processes have removed more soluble elements from a
surface regolith developed on pristine rock (e.g. [62]). The small amounts of the less soluble cations present
in surface Earth aqueous fluids often undergo hydrolysis to form simple complexes, the hydrolysis products
of the smaller, highly charged cations losing protons to become oxyanions. Goldschmidt’s representation of
this ionic potential control on the form of elemental speciation in solution is shown in Fig. 8.

Fig. 9 shows another periodic table, with a much more recent classification [3,63] of the complexation
behaviour of metals in complex natural aqueous solutions that contain anions or ligand-forming non-metals.
The reader will note significant parallels between the element behaviour as depicted in Fig. 9 and their
behaviour in solid Earth materials in Fig. 7. In Fig. 9 the elements of Groups 15-17 are complexing anions, or
form complexing metal-binding ligands. Many of Goldschmidt’s lithophile elements are classed as “hard” A-
metals on Fig. 9. The ionic form of most lithophile metals has the noble gas electron configuration, high
spherical symmetry and can be considered as “hard” spheres with point charges. In aqueous solution, these
metals form complexes with fluoride or with ligands in which oxygen is the donor atom (e.g. OH", COs*, PO,*
, SO4%). At the other extreme are the “soft” B-metals, corresponding approximately to the chalcophile
elements, which have electron numbers corresponding to Ni’, Pd’ and Pt’. The ions of these metals have many
valence electrons, their electron sheaths are highly polarizable and deformable, such that they are often
described as “soft” metals. They form complexes with chloride and bromide, and with ligands containing S,
N or I as donor atoms. The high solubility of zinc chloride complexes is crucial to the transport of Zn in crustal
fluids that also often contain sulphide, with which Zn is extremely insoluble, and the formation of commercial
ore deposits.

The transition metals are portrayed as a separate group in Fig. 9. characterised, of course, by a wide variety of
possible valence states. As a result, they form an array of complexes in aqueous solution, of widely differing
strengths. The increase in strength that occurs across the first row, from Mn to Cu, is called the Irving-Williams
series (Stumm and Morgan, 1996). In natural waters, very large fractions of the transition metal pool are bound
in extremely strong (stability constants often in excess of 10'%; [64]) organic complexes. In seawater >99% of
the Cu is bound in this way (e.g. [64]). Copper is often termed the “Goldilocks” metal of ocean
biogeochemistry: Cu®" is required by oceanic phytoplankton in very small amounts and it comes from the
surrounding seawater solution, but Cu®" is also toxic at levels above about 10"*M (e.g. [65]). Total Cu
concentrations in seawater are much higher than this toxicity threshold (10°M levels), but nearly all of this is
organically-bound in non-toxic form. Given that the binding organic ligands appear to derive from oceanic
microbes themselves (e.g. [60]), this raises fascinating questions concerning the degree to which the oceanic
microbial biosphere regulates its own environment, and even more important questions as to how such
regulation of the entire external environment makes sense from the point of view of evolutionary biology.
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Finally in this section, we note that there has been a proposal in earth sciences for systematisation of element
behaviour that goes beyond even the basic format of Mendeleev’s table, in attempts to find better geometric
ways to describe element behaviour in natural materials [67]. In its essentials, this more complex scheme seeks
to meld the Mendeleev table with Goldschmidt’s classification of the elements and the scheme shown in Fig.
9. In doing so, the approach emphasises the role of ionic charge in natural materials as an organising principle,
with the result that, in this view, elements appear multiple times — e.g. C, N and some transition metals.

4.2 Understanding Earth processes: trace elements ratios, Mendeleev’s ekasilicon and beyond

One of the key features of Mendeleev’s first version of the periodic table, published in 1869, was that he left
gaps where he predicted that elements would be discovered, whose atomic weights fit into his table and whose
properties he predicted. One of Mendeleev’s early and famous predictions, one of those that demonstrated the
utility and power of the concept of periodicity, was that of the element germanium (Ge). What Mendeleev
called ekasilicon (Es), lies directly below Si in the modern PTE, and was predicted by Mendeleev to have an
atomic weight of 72 [35]. Germanium was duly discovered in 1886-1887 by Clemens Winkler (a chemist who
started academic life in the Freiberg University of Mining and Technology), isolated from the rare mineral
argyrodite [68]. He also determined the atomic weight to be 72.32.

Germanium has been of some interest in geochemistry, with Goldschmidt [61] noting that its rarity in the
Earth’s crust is mirrored by its abundance in iron meteorites, leading him to class it a siderophile, and likely
to be preferentially partitioned into the Earth’s core. In fact, there are aspects of the distribution of germanium
that match more than one of Goldschmidt’s categories (Fig. 7). More interestingly in the context of this
contribution, it is precisely because of its similarity to the more abundant element directly above it in both the
modern and Mendeleev’s periodic system that set germanium apart as an important tool in modern
geochemistry. As noted in an earlier section, one of the difficulties geochemist’s have to deal with is the
chemical complexity of the natural materials around them. One common approach, in attempts to isolate and
understand key processes is to focus specifically on a pair of elements, or a set of elements (like the REE, see
section 4.3), that exhibit behaviour that is somewhat coherent but also different in ways that provide a crucial
insight.

Germanium has outer electronic structure 3d’’, 4s?, 4p” and is mostly, like Si, quadrivalent in Earth and Solar
System materials. Because of a nearly identical ionic radius to Si, germanium’s crustal geochemistry is
dominated by its tendency to substitute for Si in mineral lattices, and in seawater they are dominated by the
hydroxyacid species Si(OH)s and Ge(OH)s (e.g. [69]). One might think that all this would make the study of
Ge/Si ratios a tedious business but, like the Nb/Ta ratios discussed earlier, it is exactly these strong similarities
in properties that make the small differences so useful in understanding quite specific processes. The first study
of germanium abundances in seawater [70] found that, though Ge is present at concentrations a million times
lower than Si (picomolar, or parts per trillion), its abundance pattern follows that of Si extremely closely. A
single group of marine eukaryotic microbes, the diatoms, undertake roughly 20% of all photosynthesis on
Earth [71]. Because of this, and because diatoms build houses (called frustules) around their cells made of
hydrated silica (opal) by extracting Si from the seawater solution, most photic zone seawater is extremely
depleted in Si. The oceans are everywhere undersaturated in silica so that diatoms, while they are alive, must
expend energy to precipitate their houses and stop them dissolving. In the deep ocean into which the dead cells
sink, therefore, is a site of opal dissolution, and the deep oceans are relatively enriched in Si. In other words,
Si behaves as a nutrient-like element. Germanium follows this behaviour exactly (Fig. 10). As Froelich and
Andreae [70] note, this is:

... aresult that Mendeleev might have guessed when he predicted the occurrence and properties
of element number 32 (which he called ekasilicon) based on his newly-discovered periodic law.”

These authors go on to suggest that diatom opal in marine sediment should record the Ge/Si ratio of the
dissolved pool of the oceans through time, a ratio that has been found to be around 0.73+0.03 pumol/mol [70,72]
In an approach that is common in geochemistry, having established that Ge/Si behave very similarly in this
one important way (see Nb/Ta in section 3.1 and on Zi/Hf below) these and other workers have then sought
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environments where the ratio might be fractionated — i.e. the elements might be chemically decoupled from
each other. The oceanic budget for Ge is summarised in Fig. 10 (modified after [69]), showing input and output
fluxes to an oceanic dissolved pool that is assumed to be in steady-state. It turns out that chemical weathering
of rocks leads to the preferential retention of Ge in secondary minerals formed in soils (e.g. [73]), so that the
dissolved Ge and Si delivered to the oceans by rivers today has a Ge/Si averaging around 0.54 pmol/mol,
lower than the value for rocks of the continents at about 1.5. How much lower depends on the intensity of
chemical weathering [73]. Rivers deliver about 40% of the total Ge source to the oceans today. There are minor
sources to the oceanic dissolved pool from wind-blown aerosols and low temperature alteration of basalts on
the sea-floor (both <5%). At least 50% comes from submarine hydrothermal systems, where seawater drawn
down into hot basalt near mid-ocean ridges reacts with the basalt such that the high temperature hydrothermal
fluids that re-emerge (e.g. black smokers) have Ge/Si ratios of 114+3 pmol/mol. So, in fact, there is, just in
these data, a factor of almost 40 variation in the ekasilicon/silicon ratio of important surface Earth materials.
Coupled to records of the chemistry of the past ocean, such variation that can, in principle, be used to
understand drivers in changes in ocean chemistry through time (e.g. [69,73,74]). In modern geochemistry, the
elemental abundances of Ge and Si, and their ratio, has been augmented by the use of Ge and Si stable isotopes
as well (see review in [69]).

Mendeleev also predicted an element that was a heavier analog to titanium (Ti) and zirconium (Zr) and with
an atomic weight around 180. The discovery of the element hafnium (Hf) that eventually occupied that space
took longer, and was a little more confused. Mendeleev originally placed lanthanum (La) in the position that
eventually became Hf. Clarification of this issue had to wait until Henry Moseley established atomic number
as a better organising principle for the periodic table than atomic weight [35]. His identification of the seven
remaining gaps in the table, and the predicted properties of those elements, again led to attempts to isolate
them from natural materials. The element Hf, atomic number 72, was isolated from the mineral zircon (a
zirconium silicate with the chemical formula Zr,SiO4) by Coster and von Hevesy in 1923 [35]. It was the last
element with stable isotopes to be discovered.

As members of the same group in the periodic table, Ti, and particularly Zr and Hf show very strong
geochemical similarities. Both Zr and Hf have a valence of +4, and they have ionic radii in both 6-fold and 8-
fold co-ordination that are within a 2% of each other [3]. Despite these similarities, igneous geochemists have
documented significant variations in Zr/Hf ratios in the solid Earth, variations that can be used to probe
particular processes. This approach is analogous to the discussion of Ge/Si ratios above, and that of Nb/Ta
ratios in section 3.1 earlier. Indeed, Nb/Ta and Zr/Hf ratios, all high field strength elements (HFSE), are often
considered together (e.g. [75]), with the objective of obtaining a deeper understanding both of which
geochemical processes separate the two elements in these ratios, and of understanding the implications for the
internal geochemical evolution of the Earth. Fig. 11 show a compilation of such data for various terrestrial
silicate reservoirs, representing an example of this approach [75]. This particular study concludes that Zr/Hf
variations in ocean island basalts, surface manifestations of processes that begin with melting deep within the
Earth, require a contribution from material recycled back into the mantle from the Earth’s surface via plate
tectonics, and specifically subduction zones. These authors also conclude, however, that this “ecologitic”
source material does not have high Nb/Ta, that it thus cannot represent the complement to the remaining silicate
Earth with its low Nb/Ta relative to chondritic meteorites, and concur with Wade and Wood [46] that the Nb
missing from the silicate Earth is in the Earth’s core. At the other end of the temperature scale, the truly tiny
concentrations of Zr, Hf, Nb and Ta (sub-picomolar in the case of Hf and Ta) have been measured in seawater
[76]. Unexpectedly, though Nb/Ta ratios in seawater are close to the continental crust value (24 versus 22
mol/mol), Zr/Hf ratios are almost an order of magnitude higher (681 versus 71 mol/mol), implying an
important fractionation mechanism that has, as yet, not been identified.

The analysis of ratios of two elements from the same group of the periodic table to uncover what they tell us
about the Earth is a long-established approach in geochemistry. In studies of the geochemistry of the oceans
and of ocean sediments through time, it is particularly important for the alkaline earths. One of these, calcium,
is a major constituent of the most important kind of chemical sediment precipitated from the ocean. Calcium
carbonate (CaCQ3), in its two structural forms, calcite and aragonite, is precipitated almost everywhere in the
modern and past ocean. Interestingly, though the surface oceans are over-saturated in CaCOj3, these minerals
are almost never formed without the intervention of biology, which is needed to overcome kinetic barriers to
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precipitation (e.g. [22]). Many organisms promote the precipitation of CaCOjs as houses, shells — the shells
from which you extract the meat in a moules frites being a familiar example. There is a small industry in the
measurement and interpretation of the trace element makeup, particularly alkaline earth elements, of biogenic
calcium carbonate in the ocean (e.g. [77]). For example, the Mg/Ca ratio of foraminifera (common marine
protists that build shells, “tests”, out of calcium carbonate) is controlled both by the Mg/Ca ratio of the seawater
from which these ions come, and by temperature. On geologically short timescales — perhaps 10° years, Mg/Ca
in seawater is probably close to invariant given the huge reservoirs of Mg and Ca in the ocean and the slow
input and output fluxes that could change this ratio e.g. [78]). Thus, Mg/Ca ratios of foraminiferal tests
preserved in ocean sediments have been used to quantify changes in ocean temperature in response to recent
glaciation of the Earth (e.g. [79]). Similarly, Sr/Ca ratios of ancient corals are thought to be mainly controlled
by temperature (e.g. [80]), and have been used to quantify sea surface temperature changes over the past
millennium (e.g. [81]). Ba/Ca ratios of marine carbonate, as well as the stable isotope composition of Ba, may
be controlled both by the rate, intensity and pattern of past primary productivity [82,83].

As one last example in this section, we consider ratios where the key characteristic is the difference rather than
the similarity between the two elements concerned. The most prominent example comes from radiogenic
isotope geochemistry (e.g. [32,84]). Virtually all we know about absolute timescales in earth science derives
from the phenomenon of radioactivity. Thus, for example, one of the two minor isotopes of potassium, 40K,
undergoes decay by multiple mechanisms — one being electron capture to produce an isotope of argon, *’Ar.
Radioactive decay is a probabilistic process, with the fraction of a population of parent nuclides that decays in
unit time being a constant — the decay constant, denoted A. The value of this decay constant for the decay of
“°K by the electron capture pathway [85] is 0.5755x107'% a”' [86]. The resultant half-life of “’K against electron
capture will perhaps seem long to a chemist, but given an age of the Earth of 4.6 Ga, it is extremely useful in
earth science. At its simplest, a measurement of the *’K/*°Ar ratio of a mineral in a rock gives the time since
that mineral formed, provided the decay constant is known. Things are only this simple, however, if all the
*°Ar measured in the mineral today is radiogenic — in other words, derived from the decay of °K - and produced
in-situ since the mineral formed. If non-radiogenic *’Ar is incorporated into the mineral lattice when it grew,
or later, the age obtained from the measured **K/*’Ar ratio will be too old. The extreme differences in the
chemical behaviour of the two elements in the above example — one an alkali metal, the other a noble gas -
means that this condition is often met. Potassium readily partitions into a number of common minerals — micas,
feldspar, amphiboles - whereas argon does not go into mineral lattices at all. The very minor amount of non-
radiogenic argon in rocks and minerals gets there through sorption to surfaces. Thus, there is a huge advantage
for the subject of geochronology in the different chemistries — the different groups of the periodic table - to
which these two elements belong. Unfortunately, there are also disadvantages in this characteristic. Decay of
*K to *°Ar places an atom of argon in a lattice site where it has no business to be. At the low temperatures of
the earth surface the argon will remain in the mineral lattice, but if the mineral is heated by burial during the
process of metamorphism it will diffuse out and be lost, leading to the derivation of an age from the **K/*°Ar
ratio that has nothing to do with initial mineral growth — though it can constrain the timing of the heating event
(e.g. [87,88]).

Other geochronometers of the solid Earth afford qualitatively similar, but much less extreme, examples of
these issues. Another commonly used geochronometer is the Rb-Sr system. One of the two isotopes of Rb,
¥7Rb, undergoes beta decay to *’Sr with a half-life of 49.6 Ga [89]. Rubidium is another alkali metal, Sr an
alkaline earth. This, again, affords a big advantage for the use of this system in geochronology. Rubidium
readily substitutes into the common rock-forming minerals that contain K as a major element, but these
minerals contain only minor amounts of Sr. On the other hand, rock-forming minerals that contain Ca as a
major element contain a lot of Sr. The variation in Rb/Sr ratio of a set of minerals formed at the same time in
the same rock can be combined in an “isochron” approach to obtain an age, in an approach that circumvents
the incorporation of minor amounts of Sr into Rb-rich minerals (e.g. [84]). As with K-Ar, however, this key
advantage also comes with a disadvantage. Radiogenic Sr is lost from lattice sites designed for K or Rb when
thermal energy becomes available in subsequent heating events to make diffusion rapid enough (e.g. [90]).

4.3 Understanding Earth processes: the rare earth series
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The ‘rare earth elements’ (REE) or ‘rare earth metals’ (REM), as defined by IUPAC, include the first row of
the two lines of elements at the bottom of the (short-form) periodic table, the 15 lanthanide rare earths, plus
ytrrium (Y) and scandium (Sc). Despite the name, many of the REE are not particularly rare; for example, Ce
is the 25™ most abundant element in Earth’s upper continental crust, at 63 ppm [91]. Nevertheless, the REE
presented a major challenge to Mendeleev and other early pioneers of the periodic system. Mendeleev stated
that their placement in his system represented one of the most difficult problems facing the periodic law. As
William Crookes said:

“The rare earths perplex us in our researches, baffle us in our speculations and haunt is our very
dreams. They stretch like an unknown sea before us, mocking, mystifying, and murmuring strange
revelations and possibilities.” (cited in Scerri [45], page 73)

One issue was that they were extremely difficult to separate chemically one from the other, as described in
section 3.1 — they appeared to differ only very slightly in atomic weight and properties. Today, the REE are
sometimes categorised as inner transition metals. Three key features of their chemistry have shaped their utility
in the earth sciences. First, their ionic radii decrease gradually and progressively with atomic number, from
La** (115 pm) to Lu** (93 pm), the aforementioned ‘lanthanide contraction’ observed and coined by
Goldschmidt. Second, most REE are found in the +3 valence state at a wide range of oxygen fugacities. The
exceptions are cerium (Ce), which can occur in the +4 state, and europium (Eu), which can partly be in the +2
state in the low oxygen Earth interior. Third, many of the REE radiogenic isotopes with long half-lives: the
¥La-1%8Ce, ""Sm-'"**Nd, and '"°Lu-'""Hf radiogenic isotope systems have all proved useful tools for dating.

In igneous processes the REE behave incompatibly, meaning that they exhibit a preference for the liquid rather
than the solid phase during melting. Nevertheless, the extent of this incompatibility varies with ionic radius.
The heaviest rare earths have small enough radii that they can substitute for e.g., AI** or Ca*" in garnet or
plagioclase feldspar (and some other mineral phases) and can thus be retained in the crystalline residue (e.g.
[92]). Hence, heavy REE are more compatible than the light REE, and light REE are typically enriched relative
to heavy REE in the products of melting (magmas). In order to illustrate this systematic variability in
behaviour, and to overcome the zigzag pattern of elemental abundance for odd and even atomic numbers (Fig.
4), REE patterns are usually illustrated in plots of relative abundance, by comparison to a normalising material
— often their concentrations in chondritic meteorites (Fig. 12; [92]). REE patterns illustrate graphically the
presence of light or heavy REE enrichments in a sample, and also allow identification of ‘abundance
anomalies’ of Eu or Ce, which can be interpreted in terms of the oxygen fugacity during formation and/or the
presence of plagioclase during crystallisation (into which Eu®" partitions effectively).

The systematic behaviour of REE during melting and crystallisation leads to their utility in the study of igneous
processes (e.g. [96]). Thereafter, REE are highly insoluble and immobile during metamorphism, weathering
and sedimentation. As a result, primary REE patterns are conserved during geological processing, a feature
that has allowed their development as excellent source tracers in a variety of fields within the earth sciences.
On a global scale, average REE patterns in clastic sedimentary rocks have been used to estimate the
composition of Earth’s upper continental crust [97]. Regional tectonic settings and depositional environments
have been inferred using a variety of major and trace element discrimination diagrams, in which the REE
feature prominently (e.g., [98,99]). More recently, characteristic REE ratios of different Asian dust sources
have been used to reconstruct past atmospheric circulation patterns, offering a new approach to assess the
strength of the palaco-monsoon in Asia [100,101].

Despite their low solubility in aqueous solution, the REE in seawater have also proven useful tools in
oceanography [102] and marine sedimentology [103]. Seawater has a negative Ce anomaly (Fig. 12) due its
presence in the +4 oxidation state and subsequent precipitation from solution as CeO;, while Eu anomalies in
seawater reflect hydrothermal or aeolian input [104,105] The distinct REE fingerprints of riverine,
hydrothermal and aeolian inputs thus provide information about the magnitudes and locations of each of these
fluxes. Though the REE are removed from seawater by sorption/scavenging onto particles, water mass mixing
also plays an important role in their dissolved distributions [104]. Zheng et al. [106] deconvolve the relative
impacts of biogeochemical cycling (primarily scavenging removal) and physical transport using a multi-



847
848
849
850
851
852
853
854
855
856
857
858
859
860
861
862
863
864
865
866
867
868
869
870
871
872
873
874
875
876
877
878
879
880
881
882
883
884
885
886
887
888
889
890
891
892
893
894
895
896
897
898
899
900

parameter mixing model, finding that >75% of the dissolved REE distribution in the deep Atlantic results from
water mass mixing.

Section 4.2 introduced the utility of radioactivity and radiogenic isotopes in geochemistry. The rare-earth series
contains one of these radioactive decay systems, one that has been of consistent and widespread utility in the
earth sciences — the Sm-Nd system. The isotope of Sm, '“’Sm, undergoes alpha decay to '**Nd, with a half-life
of 106 Ga (e.g. [3,32,107]). This process produces variations, over the 4.6 Ga history of the Earth, in the ratio
of '¥*Nd to a stable and non-radiogenic isotope of Nd, '**Nd, that depend on the time-integrated Sm/Nd ratio
of the sample in question. Such variations in the "“Nd/'*Nd ratio, given the long half-life of '*’Sm, are of
course small, but they can be of order 10° greater than the precision attainable with modern mass spectrometers
(e.g. [108]). The fact that Sm and Nd are very similar in ionic radius and other chemical properties (with only
promethium (Pm) with no stable isotopes between them) results in both advantages and disadvantages for the
Sm-Nd chronometer. The disadvantage is that the Sm/Nd ratio of Earth materials does not show a great degree
of variability, making isochron ages derived from it less precise than, say, for the Rb-Sr system. The silicate
mineral garnet is one of the few minerals with high Sm/Nd ratios, resulting in more rapid evolution of
"Nd/'**Nd ratios, leading to the successful application of the Sm-Nd system in the geochronology of
metamorphic rocks (e.g. [109-112]).

The above characteristic also comes with a big advantage: unlike the Rb-Sr system, for example, the Sm-Nd
system is very difficult to disturb, the chronometer is difficult to reset. This particular feature has made the
Sm-Nd system one of the most important chronometers, and tracers, of the large-scale differentiation of the
Earth (e.g. [107, 113-116]). The Sm-Nd system is reset by mantle melting because the two elements have
slightly different preferences for solid mantle minerals versus silicate melt, and partition themselves differently
during the process of melting of the mantle, which is always “partial” and leaves behind a residue of solid un-
melted material. But the lower temperature processes occurring near the surface of the Earth appear to re-
distribute Sm and Nd on a mineral grain scale, but not on larger scales. The extent to which the latter holds in
detail, whether the processes of melting within the continental crust, or chemical weathering at the surface,
fractionate Sm-Nd and reset the isotope system, has been a much-debated topic (e.g. [117,118]), but it is
certainly the case to a much lesser extent than other systems.

In simple terms, the continental crust underneath us today has formed continuously throughout Earth history,
as a result of mantle melting and the gravitational ascent of the buoyant melts produced (e.g. [8]). The portion
of the Earth’s mantle — the residual “depleted” mantle - from which the melts that ultimately formed the
continental crust were extracted is depleted in Nd and enriched in Sm. The continental crust, by contrast, is
enriched in Nd over Sm. This not only produces contrasts in the Sm/Nd ratio of these two large-scale Earth
reservoirs, the differences in Sm/Nd ratios leads, over the long term, to differences in the Nd isotope
composition of the two reservoirs. In the late 1970s, shortly after the Sm-Nd system was first developed [107],
this concept was utilised to investigate the timing of this large-scale geochemical process, and the mass balance
between the two reservoirs — the residual Nd-depleted mantle and the Nd-enriched continental crust. The
depleted mantle appears to be sampled today by melting at mid-ocean ridges to produce MORB (mid-ocean
ridge basalts). The sediment load of large rivers, that sample very significant areas of the upper continental
crust, were used as representative analyses of that upper continental crust. The Sm-Nd and Nd isotopic mass
balance between these two sets of samples, together with a quantitative understanding of the melt-solid
partitioning behaviour of Sm and Nd during mantle melting, sets constraints on the mass fraction of the mantle
that has been depleted by melting. Furthermore, the difference in the Nd isotope compositions of the two
reservoirs sets a time constraint on the process of crust generation. The importance of this approach is perhaps
reflected in the fact that different research groups around the world latched onto it nearly simultaneously [107,
113-116]. The overall result from the three groups was similar: that around 25-40% of the mantle has seen a
melting event that resulted in the complementary reservoir of the continental crust, and that the average age of
the continental crust is around 2.0 Ga. The suggestion that only a fraction of the mantle has undergone this
melting process has profound implications for its physical structure and the vigour of convective processes
within it. The average age of the continental crust, given that this process continues today, implies that it must
extend back to the early stages of the Earth.
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Since this pioneering work the picture has become more nuanced, complex and less certain. The result outlined
above is observation and model-dependent. There are uncertainties over whether the bulk Earth Sm-Nd
characteristics, an important input to the calculations, can really be assumed to be similar to that measured in
chondritic meteorites (e.g. [119,120]). It is now much clearer that a substantial portion of material that has
been produced by melting of the mantle has been subducted back into the mantle (e.g. [121]). Constraints from
geophysical imaging of the interior Earth suggest that it is very difficult to maintain distinct mantle reservoirs
against large-scale forces that induce mixing, like convection and plate tectonics (e.g. [13]). Other tools have
also been harnessed to investigate this problem. An important piece of evidence for a non-chondritic bulk
Earth comes from studies of another REE-based isotope tool, the tiny variations in the amount of the isotope
"2Nd arising from very early decay of the now extinct '**Sm isotope (e.g. [119,120]). The mineral zircon
(Zr2Si04) is another precise and robust chronometer, incorporating large amounts of the actinide uranium and
very little of the radioactive decay product of that element, Pb. Temporal patterns of U-Pb ages from zircons
in crustal rocks, allied to progress using Hf and oxygen isotopes to identify “juvenile” zircon that has
crystallised in material recently extracted from the mantle is an approach that is setting new constraints on
temporal patterns of crustal growth, including its episodic nature (e.g. [8, 122-124]).

Earlier we cited the use of REE patterns in seawater as a tracer of ocean circulation. The latter is an important
process in redistributing heat and matter, including chemical elements, around the globe. In addition to being
a tool for geochronology, the radiogenic isotope composition of Nd in seawater and sediments has also been
developed as a widely used tracer of mass transfer in the modern and past oceans, both to reconstruct the
palaeocean circulation and in sediment provenance studies [125,126]. As noted above, the average age of the
continental crust appears to be 1.8-2 Ga, but the process of continental crust extraction from the mantle began
early in Earth history (e.g. [8]) and continues today. Thus, different geological terrains have different
"SNd/"Nd ratios that reflect their different geological histories (Fig. 13), specifically the time spent in the
depleted mantle with its high Sm/Nd ratio versus that in the crust with a low one. The application of Nd
isotopes as an oceanographic and paleoceananographic tracer exploits this (e.g. [127]), and the geographical
differences that are imparted to seawater, and to the products of erosion (sediments).

The first direct measurements of Nd isotopes in seawater (reported as eng, the deviation of the measured
"Nd/"Nd ratio from bulk Earth, 0.512638, in parts per 10 000) were made in the late 1970s [128,129] and,
along with indirect measurements from seawater precipitates, e.g., ferromanganese crusts, it quickly became
clear that the different ocean basins have distinct Nd isotope compositions. Deep waters formed in the North
Atlantic, surrounded by old, unradiogenic continents, have the most negative Nd isotope ratios (exna ~ —13)
while those waters surrounded by the young volcanic rocks in the North Pacific have the highest ratios (eng ~
—4), with intermediate exg values in the Southern and Indian Oceans. These observations suggested a residence
time of Nd that is shorter than the ocean mixing time, leading to its utility as a tracer for water mass mixing
(reviewed in [125,126]). Changes in the ocean circulation through time, as reconstructed using Nd isotopes
(among other approaches), are thought to be one important factor in a changing climate on glacial-interglacial,
and longer, timescales (e.g. [130]). Records of seawater Nd isotope ratios through time (from ferromanganese
crusts and coatings, corals and fish teeth) have allowed reconstruction of the palacocean circulation. Though
the utility of such approaches is still clear, the modern picture here is also now more nuanced and complex
(e.g. [131]). For example, the use of Nd isotopes as a conservative tracer requires that isotope signatures of
water masses are not modified during passage through the ocean and via interaction with bottom sediments
[132] and their pore waters (e.g. [133]). The extent to which this is the case is currently under debate and, in
fact, the potential importance of such a process for many elements emerged from in-depth studies of Nd
isotopes in the ocean (e.g. [134]).

In addition to the dissolved pool, the Nd isotope composition of the detrital fraction of an offshore sediment
core reflects the source of the sediment that has been eroded from the continent into the sea, providing
information about continental erosion patterns through time. For example, Cook et al. [135] and Wilson et al.
[136] observe changes in detrital enq in sediment cores offshore Antarctica, which they attribute to the waxing
and waning of the East Antarctic ice sheet on Pliocene (5.3—2.6 Ma) and even late Pleistocene (last 500 kyr)
timescales. These sediment provenance studies have major implications for our understanding of ice sheet
dynamics, and the likely response of Antarctica to climate warming; the Pliocene (~3 Ma ago) is thought to
have been the last time the Earth’s atmosphere contained 400 ppmv COs.
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4.4 Understanding Earth processes: the transition metals and their stable isotope systems

So far, we have introduced approaches that geochemists adopt and the kinds of information they can glean
either from the elemental fractionation that occurs during geological or chemical processing (e.g., of rare earth
elements), or from the stopwatches and dyes or tracers of geological processes, the radiogenic isotope systems.
The third string in the geochemist’s bow is stable isotopy, introduced in sections 3.3. Isotopes constitute, of
course, another phenomenon that was unknown to Mendeleev, first coming to light through the work of
Thompson and Aston in the early 20™ century, as noted earlier. Their application in geochemistry is founded
on two seminal publications outlining the theoretical basis for stable isotope fractionation, published in 1947
[57,137]. These two studies correctly predicted that small variations in the chemical behaviour of different
isotopes of an element (usually related to small differences in mass) would have enormous utility in “the
mapping of low and medium temperature phenomena” [2]. Stable isotope fractionation can derive from kinetic
or equilibrium effects. Simply put, kinetic isotope effects reflect the fact that light isotopes react more quickly
than heavier ones, while at equilibrium, the stronger the bond, the greater its enrichment in heavy isotopes.
Traditionally, stable isotope geochemistry focussed on the light elements of H, C, N, O and S, with Li and B
added to this list in the 1980s, following a few earlier studies (e.g. [138,139]). Thorough reviews of these
topics are presented elsewhere [140-142]. The authors of the current paper are particularly interested in the
more recent development of transition metal stable isotope systems as tracers, particularly in the past and
present ocean, and it is here that we focus our attention in this section. This also gives us the opportunity to
highlight another set of elements that gave Mendeleev some trouble in terms of his periodic system.

Transition metals (groups 3 — 12) are generally characterized by partially filled d subshells (except for those
of group 12, which have filled d subshells, but exhibit similar chemical behaviour to the other transition
elements). Transition metal chemistry is complex, for several reasons. First, the geometry of the d-orbitals is
highly directional. Second, in nature, many transition metals have two or more valence states. Third, transition
metals have intermediate electronegativities, such that they can exhibit both ionic and covalent bonding. These
complexities lead to difficulties in satisfactorily predicting the behaviour of the transition metals based solely
on their position in the PTE. A geochemical textbook has noted:

“It is a general rule, illustrated by these two sets of numbers and also by several alternative sets
that have been proposed as a measure of electronegativity, that numbers can be made to express
very nicely the chemical properties of elements at the ends of the periods in the periodic table ....
but that unresolvable difficulties arise in trying to express the subtle and complicated relationships
among the transition metals in the interior of the table” (Krauskopf and Bird [1], p. 119).

As recognised by Goldschmidt (Figs 6, 7), the transition metals have siderophile, lithophile and chalcophile
characteristics. In the first row, Sc, Ti and V are lithophile. Overall, Fe, Co and Ni are siderophile, though in
the earth’s crust where native Fe is rare they are lithophile. Cu and Zn are chalcophile. In terms of their
behaviour in near-surface or surface Earth aqueous phases (Fig. 9), the transition metals are primarily B metals,
forming complexes with chloride and bromide, and with ligands containing S, N or I as donor atoms. As also
noted earlier, a crucial aspect of the oceanic chemistry of the transition metals is their affinity for organic
complexing ligands.

The chemical properties of transition metals also lend them to a variety of biochemical functions. In living
organisms, metalloproteins, which contain at least one metal ion, are involved in the transfer of electrons (e.g.,
blue copper proteins), in reactions involving small molecules such as O» (e.g., Fe in haemoglobin), in Lewis-
acid catalysis (e.g., Zn in carbonic anhydrase), and in the generation of reactive organic radicals (e.g., Co in
vitamin By2). In the earth sciences, the biological functions of transition metals has fuelled recent research into
their abundance patterns and isotope systems as potential biosignatures, i.e. as direct evidence in sedimentary
rocks of past life forms [143,144]. More broadly, the recognition that algal growth in large areas of the world
oceans is limited by the availability of transition metal micronutrients, particularly Fe [145], led to interest in
the sources, sinks and speciation of bio-essential metals in the ocean, and in how their biogeochemical cycles
may have changed in the past.



1011
1012
1013
1014
1015
1016
1017
1018
1019
1020
1021

1022

1023
1024
1025
1026
1027
1028
1029
1030
1031
1032
1033
1034
1035
1036
1037
1038
1039
1040
1041
1042
1043
1044
1045
1046
1047
1048
1049
1050
1051
1052
1053
1054
1055
1056
1057
1058
1059
1060
1061
1062
1063
1064

Early attempts to analyse transition metal stable isotope ratios were hindered by their high molecular weights
and the resultant small magnitude of mass-dependent isotope fractionation. However, the advent of multiple
collector inductively coupled plasma mass spectrometry (MC-ICP-MS) [146] enabled the precise and accurate
analysis of stable isotope ratios of elements from across (and down) the periodic table, spawning the new field
of ‘non-traditional’ stable isotope geochemistry [147]. To date, of the transition metals (for simplicity, the d-
block elements of groups 3 — 12), the stable isotope systems of Ti, V, Cr, Fe, Ni, Cu, Zn, Mo, Pd, Ag, Cd, W,
Os, Hg, and Pt are all in development as new tracers of geological and biogeochemical processes [148-154].
These stable isotope data are reported by comparison to a standard reference material (SRM) of known isotopic
composition, in d-notation (variations of parts per thousand, %o):

(XMe/yMe)sample

x/y =
5*"Me ((XME/YME)SRM

— 1) x 1000 (%o)

where *Me and YMe are the heavier and lighter stable isotope of the metal, respectively.

Of the transition metal isotope systems analysed to date, the Mo isotope system (3****Mo) is one of the best-
studied and most widely applied in palacoceanography (reviewed in [155]). While several enzymes in the
biological nitrogen cycle require Mo, the primary use of Mo in the geosciences has resulted from its
geochemical behaviour, in particular, its redox-sensitive solubility in seawater. A trace element in the crust
(~1 ppm; [91]), Mo is the most abundant transition metal in oxygenated seawater, where it is primarily present
as the soluble, unreactive, MoO4* oxyanion (~105 nM; [156]). Removal of Mo from an oxygenated water
column occurs via slow scavenging to ferromanganese oxides, and is associated with light isotope
fractionation; i.e. oxic sediments are enriched in isotopically light Mo [157,158]. By contrast, in anoxic and
sulphidic (euxinic) waters sulphidised Mo species (ultimately MoS4*) are removed from solution, leading to
strong Mo enrichments in reducing sediments (e.g. [159,160]). In strongly euxinic environments the removal
of Mo from the water column is near complete, or ‘quantitative’, thus no Mo isotope fractionation is recorded
in the underlying sediments [157,161]. Overall, the Mo isotopic composition of seawater (today: ~2.3%eo) is
determined by the isotopic composition of the inputs (today: +0.7%o) and the balance of Mo removal to oxic
(—0.7%o) and reducing (< 2.3%o) sedimentary sinks ([155] and references therein). Records of seawater °*Mo
from ancient euxinic sediments have therefore allowed geochemists to reconstruct secular trends in ocean
redox, and to make links with the evolution of life through time (e.g. [162-164]).

The authors of the current chapter have focussed especially on the isotope systems of three elements adjacent
to each other on the first row of the transition elements: Zn (5°°**Zn), Cu (8°**Cu) and Ni (5°°*Ni)
[30,165,166], and it is with a brief review of these three systems that we end this section. All three metals are
essential for marine life and, it was initially expected, could provide insight into the biological cycling of
carbon in the ancient ocean (e.g. [167]). Assuming a kinetic isotope effect during biological uptake,
phytoplankton are expected to be enriched in light isotopes, as is observed for, e.g., carbon isotopes in plants.
In this scenario, by mass balance, residual seawater will be isotopically heavy. Given an archive of seawater
and knowledge of the magnitude of the kinetic isotope effect, the degree of nutrient utilisation can, in theory,
be reconstructed — indeed, the isotopes of nitrogen (a macronutrient) have been developed as a
palaeoceanographic tool in exactly this fashion (e.g. [168]). The question then is: could transition metal
isotopes be used as a tracer of the pattern of activity of the past biosphere — e.g. primary productivity?

Culturing experiments with marine phytoplankton have borne out the prediction of light isotope fractionation
during uptake to some extent (cf. e.g. [168,169]), but questions remain over the real drivers of isotope
fractionation in culture (e.g., metal speciation versus kinetic controls) and the applicability of these
experiments to the natural world. Characterising the natural world required a revolution in clean sampling and
chemical separation methodologies, a revolution which has been spearheaded by the international
GEOTRACES program (www.geotraces.org). This program has led to the production of tracer concentration
and isotope data at unprecedented resolution in the modern ocean (Fig. 14; [171,172]). These new data are
allowing marine biogeochemists to ground-truth the use of transition metal stable isotopes as
palaeoceanographic tracers.
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Of the three metal isotope systems highlighted here, observations of Ni and its isotopes in seawater and
sediments most closely match the predictions for the behaviour of a biologically cycled micronutrient element.
The limited data for the oceanic dissolved pool of Ni isotopes is isotopically homogeneous at depth (at about
+1.3%o), with a small shift towards heavier values in the upper water column [173-175]. The latter is proposed
to reflect a classic, albeit small, kinetic isotope effect during biological uptake. Meanwhile, organic-rich
sediments record 8°°Ni values very close to modern deep seawater in their inorganic material (at about +1.2%o)
and a fractionation imparted by biological uptake in the photic zone in an isolated organic fraction. Systematic
relationships between Ni-TOC-5*Niopr-5"*C indicate that Ni and Ni isotopes offer real potential as a palaeo-
productivity tracer.

By contrast to Ni, the isotope systems of Cu and Zn in seawater and sediments cannot be interpreted simply in
terms of a kinetic isotope effect during biological uptake. Copper, the so-called ‘Goldilocks metal’, is bio-
essential, yet also toxic. As a result, phytoplankton produce organic ligands that bind the free Cu®* species,
reducing Cu*" concentrations to levels that are ‘just right’ [64]. In fact, among the divalent transition metals,
Cu forms the strongest complexes with organic ligands (the Irving-Williams series [176]: Mn*" < Fe*" < Cd*
< Zn*' < Co*" < Ni*' < Cu*"). This feature of Cu chemistry exerts a first order control on its isotope
geochemistry: strong bonds concentrate heavy isotopes. The heavy Cu isotopic composition of seawater (and
rivers) has therefore been attributed to the preferential complexation of heavy Cu isotopes by organic ligands,
while the lighter isotopic composition of sediments records the counterpart to this heavy dissolved pool
[177,178]. For a geoscientist interested in the evolution of life on Earth, we might ask the question: when did
organisms evolve to produce strong organic ligands, and why? The answer may lie in geological archives of
seawater 5*°Cu.

Finally, isotopically heavy residual dissolved Zn in surface seawater, as predicted for a kinetic isotope effect,
is only rarely observed in the modern ocean [179,180]. Another process or processes must be controlling upper
water column Zn isotopes — and this is an area of active research. Nevertheless, because of its nutrient-like
behaviour, nearly all the oceanic Zn inventory is in the deep ocean today. The deep ocean has a very
homogeneous Zn isotopic composition (§°°Zn ~ 0.5%o), which is isotopically heavy compared to the inputs (at
~0.3%0) [166]. This seawater Zn isotope composition reflects the balance of Zn removal to oxic (isotopically
heavy) and reducing (isotopically light) sedimentary sinks, in a manner similar to that previously described for
Mo isotopes. In oxygenated settings, removal of Zn from seawater occurs by scavenging of isotopically heavy
Zn to ferromanganese oxides [166,181]. The light isotope ratios of low oxygen, organic rich, sediments, must
reflect light isotope fractionation, either during biological uptake (though we see little evidence for this in the
water column), or during partial sequestration in to Zn sulphides in the sediment pile (e.g. [182]). The latter
would strongly argue that seawater Zn isotopes offer a complimentary tool to Mo isotopes for the
reconstruction of past oceanic redox.

5 Concluding remarks

This contribution has sought to highlight the immense contribution that Mendeleev and other 19" century
chemists and mineralogists have made to the modern field of geochemistry, by laying the basis for the periodic
law in order to classify elements and understand their properties,. The 19™ century controversies in the
discovery of the elements (e.g., Nb-Ta, the REE) heralded the approach by which geochemists use similarities
and subtle differences between these elements as modern tools. The same applies to the predictions made by
Mendeleev, including of eka-silicon or germanium as a heavier analogue of silicon, and the element beneath
zirconium that was eventually confirmed to be hafnium. The discovery of many of the missing elements at the
turn of the 20" century led directly to the approach that revolutionised our understanding of the Earth — the
ability to use radioactivity to date Earth materials and to finally establish the 4.6 Ga framework in which the
Earth was formed and has evolved. Mendeleev and other early investigators of periodicity did not know about
isotopes, stable, radioactive or radiogenic. This was another source of confusion, given that these scientists
thought about periodicity in terms of atomic weights. Stable isotopy has, as with radiogenic isotopes,
developed into an important observational tool in modern geochemistry.
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The discipline of geochemistry continues to exploit Mendeleev’s essential framework in understanding the
Earth. The discipline has moved well beyond classification and systemisation, though this is still important.
Modern geochemistry seeks to use the chemical properties of the elements, including their periodicity (as
highlighted here using the way in which the alkaline earth series is used in ocean geochemistry). Rapid
technological advances in the last few decades have opened up many further approaches, spanning the periodic
table. Some of these we have not been able to deal with in detail (the noble gas group and their isotope systems,
the platinum-group elements). The future is exciting and unpredictable, but the periodic table will continue to
be the basis of all we do.
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Figure 1: A periodic table of the elements, illustrating the abundances of the elements in the bulk silicate Earth
(today’s mantle and crust) as a 3-dimensional histogram (note the log scale). The six “major elements”, making
up 99.1% of the silicate portion of the Earth, are labelled in orange. Taken from White (2013). Reproduced
with permission.
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1466  Figure 2: Variability in dissolved concentrations in seawater — note the log scale. The inverted triangles show
1467  the average dissolved concentration of each element, in the global ocean the associated uncertainty its
1468  variability. Reproduced from [18] with permission of Princeton University Press
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Figure 3: The telluric screw of Alexandre Emile Béguyer de Chancourtois [54]. This early classification
system, from a geologist, is a three-dimensional concept, with the elements arranged along a spiral. Each turn
of the screw or spiral returns one to an element with similar properties.
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Figure 4: Estimates of the relative atomic abundances of the elements for the bulk Solar System (from the
solar photosphere normalised to Sisu, = 10°%; [58]) and for the bulk Earth (normalised to Sigam = 10%; [59]). The
original data for the noble gases on Earth were given in units of 10® ccSTP/g and are here converted to atomic
abundances using a molar volume of 22,400 ccSTP/mole and standard temperatures and pressures. Notable
features of the Solar abundance pattern are the overall decrease in abundance with increasing atomic number
and the zig-zag pattern for even versus odd atomic numbers, due to the greater stability of nuclei with even
numbers of protons in nucleosynthetic environments. The Earth, by comparison, show a strong depletion in
the volatile elements relative to both the Sun, especially for the noble gases.
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1498  Figure 5: A cosmochemical classification of the elements superimposed on the PTE [60], colour-coded to
1499  show the 50% condensation temperature (the temperature by which 50% of the element will condense from
1500  gaseous to solid or liquid state) calculated for a nebula with a solar composition and a pressure of 10 bar.
1501  Reproduced with permission.

1502

1503



1504 Vance and Little - Figure 6

1505
1506
Iron, Sulphide, Silicate, Gases, Organisms,
siderophile. chalcophile. lithophile. atmophile. biophile.
Fe, Ni, Co ((0)), S, Se, Te 0, (S), (P), (H) H, N, C, (O) C,H ON,P
P, (As), C Fe, Cr, (Ni), (Co) Si, Ti, Zr, Hf, Th ClL Br, I S,CLI(B)
Ru, Rh, Pd Cu, Zn, Cd, Pb (Sn) (Ca, Mg, K, Na)
Os, Ir, Pt, Au * Sn, Ge, Mo F,Cl, Br, I He, Ne, Ar (V, Mn, Fe, Cu)
Ge,* Sn * As, Sb, Bi B, Al, (Ga), Sc, Y Kr, X
Mo, (W) Ag, (Au), Hg La, Ce, Pr, Nd, Sm
(Nb), Ta Pd, Ru, (Pt) Eu, Gd, Tb, Dy
(Se), (Te) Ga, In, Tl Ho, Er, Tu, Yb, Cp
(Cr) Li, Na, K, Rb, Cs
Be, Mg, Ca, Sr, Ba
(Fe), V, Cr, Mn
((N1)), ((Co)), Nb, Ta
1507 W, U, ((C))
1508

1509  Figure 6: Goldschmidt’s table showing the classification of the elements according to their geochemical
1510 affinity, into siderophile, chalcophile, lithophile, atmophile, and biophile elements [61]. Reproduced with
1511  permission.
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Figure 7: One example of many published versions of the periodic table of the elements colour-coded for
different categories in Goldschmidt’s classification [60], broadly following Goldschmidt’s original scheme
but with the addition of a further category of fluid-mobile elements. The main colour given to each element
reflects their dominant behaviour. The small squares reflect other possible behaviours. Reproduced with
permission.



1526
1527
1528

1529
1530

1531
1532
1533
1534
1535
1536

Vance and Little - Figure 8

1+ Katioms

*Ca 2+ /

15 0
Rb g
* 3+ Elements of
K Hydrolysates
*Sn la 4+
3
Th
3 €a -Ce
10
&5 ) ‘Na.
Se -Za.,Hf
3 i 5+
:-é« T "Nb ::'*'
AL ‘Mo
(113 ;
4 Cr
’
/ S
Soluble complex Anions
- - ‘8 -C
—
i z 3 4 5 ¢

Tonic Ch.s.r»se

Figure 8: Goldschmidt extended his discussion of ionic radius and charge, as the organising parameters for
the substitution of elements into igneous minerals, to aqueous solutions as well. The above figure (taken from
[61]) shows his attempt to systematise the speciation behaviour of ions dissolved in aqueous fluids in terms of
ionic potential. Reproduced with permission.
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1543  Figure 9: A PTE-based classification of element behaviour in terms of complex formation in complex aqueous
1544  solutions — e.g., seawater (taken from [3], based on data in [63]). See text for details. Reproduced with
1545  permission.
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1553  Figure 10: Germanium and silicon abundance data for seawater (bottom left), in this case from the South
1554  Pacific [72], showing the very tight coupling between Si and Mendeleev’s ekasilicon in the dissolved pool of
1555  the oceans. The cartoon at top right is redrawn after Rouxel and Luais [69] and shows the best current estimate
1556  for the size (plain text, units of 10° mol yr') and Ge/Si ratio (bold text, in pmol/mol) of the main input fluxes
1557  (blue) and the two known output fluxes with their Ge/Si ratio (red).
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Figure 11: Nb/Ta and Zr/Hf ratios (by weight) in the major terrestrial silicate reservoirs (from [75]). As
discussed in section 3.1, all thus far measured silicate reservoirs of the Earth are deficient in Nb relative to
chondritic meteorites, suggesting either partitioning of Nb in to the core [46] or an unsampled reservoir in the
deep mantle representing the remnants of subducted oceanic crust (e.g. [45]). OIB = oceanic island basalt),
MORB = mid-ocean ridge basalt. Reproduced with permission.



1571 Vance and Little - Figure 12

1572
1000
100 TEE‘
10
- 1 <0IB
[]
2 --N-MORB
= 0.1
E -A-Hydrothermal
S 001
® ~<>-Seawater
5 0.001
c
2
S 0.0001
0.00001 \/W
0.000001
0.0000001 r r T T T T T r T r T T T T
1573 La Ce Pr Nd Sm Eu Gd Tb Dy Y Ho Er Tm Yb Lu
1574

1575  Figure 12. Chondrite-normalised REE patterns. Data for C1 chondrite, ocean island basalt (OIB) and normal
1576  mid-ocean ridge basalt (N-MORB) are from [92]. Data for Pacific seawater (2500m) are from [94] and for
1577  high temperature hydrothermal fluids are from [95].

1578

1579



1580 Vance and Little - Figure 13
1581

1582 180°W 120°W 60°W 0° 60°E 120°E 180°

1583

1584

1585  Figure 13. Map of the Nd isotope signature of continental margins extrapolated from discrete data (from
1586  [127]). Margin sediments are generally older and thus unradiogenic (eng values — see text for explanation)
1587  surrounding the Atlantic and younger, and more radiogenic, surrounding the Pacific. Reproduced with
1588  permission.
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1595  Figure 14. 3-D image illustrating the dissolved concentration of Zn in the Atlantic. Data from the
1596  GEOTRACES Intermediate Data Product 2017 [171]. Graphics produced by Reiner Schlitzer for
1597 eGEOTRACES [172].
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