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Figure 5.1 a) Standard deviation of H850 (black contours in m). The red contour line
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(WNPSH). b) The normalized WNPSH index defined by the H850 anomaly
averaged over the green box indicated in a). Blue dashed lines represent 70% of
the standard deviation of the WNPSH index. c), The regressed patterns of 850
hPa wind vectors (not shown when smaller than 0.2 m/s) and precipitation
(shading) onto the normalized WNPSH index during JJA.

Figure 5.2 The 3-month running mean WNPSH index (red) and Nino 3.4 SSTA (blue)
for the 9 strong WNPAC years. JJA season is indicated by circles in the WNPSH
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Figure 5.3 Summertime (JJA) SSTA during 9 strong WNPAC cases. Note that 4
cases do not accompanied by Indian Ocean warming (1980,1993, 1995, and
1996).

Figure 5.4 a), b) The spatial patterns of the first two leading EOF modes of Asian
summer (JJA) monsoon precipitation anomaly during 1979-2009. The fractional
variance that can be explained by these two modes are 21.1%, and 9.9%,
respectively. ¢) The corresponding principal components, PC-1 and PC-2 with
the WNPSH index. The correlation coefficients of the WNPSH with the PC1 and
PC2 are 0.58 and 0.56, respectively.

Figure 5.5 a) Interannual variations of the WNPSH intensity, East Asian summer
monsoon (EASM) strength (reversed) and the total number of TS days (TSDs,
reversed) over the subtropical WNP (20°N-35°N, 110°E-165°E). The WNPSH
intensity is defined by the normalized H850 anomaly averaged over its
maximum variability center (15°N-25°N, 115°E-150°E). The EASM strength is
measured by the leading principal component of the precipitation, 850 and 200
hPa winds of the EASM system. The numbers in the brackets indicate correlation
coefficients with the WNPSH intensity. The purple (green) polygons in the time
series of WNPSH index indicate the strong (weak) WNPSH vyears with
anomalous amplitudes exceeding 0.7 standard deviations. b), The long-term
mean TSDs in JJA (contours in days per year) and the difference (shading)

between 9 strongest and 9 weakest WNPSH years. The red line in b) shows the
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coastal regions of TS landing. The interannual variation of the landing TS
numbers has a significant correlation with the WNPSH (r=0.66).

Figure 5.6 a) The spatial pattern of H850 anomaly (contours) and correlated
precipitation (shading). b) the corresponding principal component (PC-1). c) The
correlated SSTA (shading) and 850 hPa wind anomalies. The correlation fields
were made with reference to PC-1 and only correlations significant at 10%
confidence level (r>0.3) are shown. d) Simulated JJA H850 (black contours in m)
and precipitation (shading in mm/day) anomalies with ECHAM4 model forced
by prescribed cold SSTA (red contours with interval of 0.1<C).

Figure 5.7 Left panel: Schematic diagram to show the 10-WNP anticyclonic coupled
mode. The double arrows denotes the mean flow in boreal summer (JJA). The
red (blue) shading regions indicate the SST warming (cooling). The heavy lines
wind arrows show the anomalous circulation. Right panel: JJA mean SST
(shading) and 1000 hPa wind (vectors).

Figure 5.8 Same as Fig. 5.7d but for boreal spring (March-May) mean state. The solid
red lines outline the SSTA forcing.

Figure 5.9 a) The correlation between PC-1, and 1000 hPa wind speed (shading), and
SSTA (contours). b) Surface latent heat flux regressed onto PC-1 (shading,
negative means loss heat flux from ocean surface), and the correlation between
PC-1 and SSTA (contours).

Figure 5.10 a), b), c) are the same as Figure 5.7 but for EOF-2 mode. d) Low-level
vorticity (contours in 10'm/s?) in response to a mid-tropospheric heating (colour)
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obtained from an intermediate atmospheric model with boreal summer (JJA)
mean flow.

Figure 5.11 Atmospheric low-level vorticity responses (<107 s, contours) to the
prescribed Pacific cooling (left panel) and maritime continental heating (right
panel) (colour) in an intermediate atmospheric model. Upper panel shows the
experiments without mean flow and the lower panel is with boreal summer (JJA)
mean flow. Note that in the presence of mean flows, the response is enhanced
over the monsoon regions due to the fact that a background easterly vertical
shear can amplify Rossby wave responses (Wang and Xie 1996).

Figure 5.12 a) Reconstruction of the JJA WNPSH index with the first two principal
components. Shown are the normalized WNPSH index (black) and the
reconstructed (red) index based on PC1 and PC2 (1.226>PC-1+1.245>PC-2).
They have a correlation coefficient of 0.94. b) The observed WNPSH index
(black) and the model simulated index (red) and re-forecasted index (blue). The
simulation of the WNPSH intensity was made based on the Eq. (1) (See text).
The correlation between the observed WNPSH index and the simulated
(re-forecasted) WNPSH index is 0.81 (0.75).

Figure 5.13 Selection of predictors based on the correlation maps between a, the
WNPSH (JJA) index and the April-May mean SSTA, b) the WNPSH (JJA)
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shown. The boxes in the panels a and b indicates the area where area-averaged
SSTAs are selected for constructing the corresponding predictors.

Figure 5.14 The observed WNPSH index (black) from 1982 to 2005. The red line
denotes the multi-model ensemble (MME) result using the June 1% initial
condition (zero-month lead forecast). Results from three individual models
(NCEP, GFDL, ABOM) are shown by dashed lines. The correlation between the
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Dynamics Laboratory), and ABOM (Australian Bureau of Meteorology) through
APEC Climate Center(APCC)/ climate prediction and application to society
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Figure 5.15 Low level wind (vectors) and geopotential height response to the
prescribed heating (shading in K/day) with a) no mean flow, b) boreal summer
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Figure 5.17 a) The normalized WNPSH index (JJA) during 1948-2009 from
NCEP-NCAR reanalysis dataset (Kalnay et al., 1996). b) The standard deviation

of the WNPSH index with a 13-year window that moves year by year.
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Abstract

Associated with the double ITCZ (Inter-tropical convergence zone) problem, a
dipole SST bias pattern (cold in the equatorial central Pacific and warm in the
southeast tropical Pacific) remains a common problem in current coupled models.
Based on a newly-developed model, we demonstrated that a serious consequence of
this SST bias is to suppress the thermocline feedback in EI Nifo/Southern Oscillation
(ENSO) simulation. Firstly, the excessive cold tongue extension pushes the
anomalous convection far westward, diminishing the convection-low level wind
feedback and thus the air-sea coupling strength. Secondly, the equatorial surface wind
anomaly exhibits weak meridional gradient, leading to a weakened wind-thermocline
feedback. Thirdly, the equatorial cold SST bias induces a weakened upper-ocean
stratification, yielding the underestimation of the thermocline-subsurface temperature
feedback. Finally, the dipole SST bias underestimates the mean upwelling through
both dynamic and thermodynamic effects.

In recent decades, ElI Nifb events have occurred more frequently over the
equatorial central Pacific (CP Warming, CPW). Here, we ascribe this predominance
of the CPW to a dramatic decadal change in the Pacific mean state and annual cycle.
The mean state change characterized by a decadal La Nifa-like pattern tends to
anchor convection and surface zonal wind anomalies to the vicinity of the dateline,
facilitating surface warming to occur in the CP. The annual cycle change, with the

trade winds intensifying during boreal winter and spring, prevents the warming
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development but helps the warming decay in the EP. More CPW events are expected
in the coming decade if the La-Nifa-like pattern persists.

The western North Pacific (WNP) Subtropical High (SH) has profound impacts
on Asian summer monsoon, North Pacific storms. The cause of the interannual
variability of WNPSH, however, remains controversial. Here we show that the
anomalous WNPSH is primarily determined by a remote cooling/warming in the
equatorial central Pacific and a positive thermodynamic feedback between the local
circulation and a dipole sea surface temperature in the Indo-Pacific warm pool. We
demonstrate that a physical-empirical prediction model built on these physical
understandings has comparable performance with those of three state-of-the-art

coupled climate models in re-forecast of the strength of the WNPSH.
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Chapter 1

Introduction and Motivation

1.1 ENSO simulations in current CGCMs

El Nifp/Southern Oscillation (ENSO) acts as the strongest and most dominant mode
on interannual time scale, which exerts worldwide impacts on climate, agriculture, and
ecosystems. Coupled General Circulation Models (CGCMs) provide one important tool
for the ENSO simulation and forecast. Although the ENSO simulation in the CGCMs has
achieved steady progresses in recent decades (Mechoso et al. 1995; Latif et al. 2001;
AchutaRao and Sperber 2002; Meehl et al. 2005; Randall et al. 2007), the simulated
ENSO characteristics in terms of amplitude, period, irregularity, skewness and spatial
pattern, still remain unrealistic in various degrees (e.g. Guilyardi 2006; AchutaRao and
Sperber 2006; Guilyardi et al. 2009b). For example, some models have either too strong
or too weak ENSO amplitude; some models show too short and regular period; some
models have narrow meridional extension but too far westward extension (e.g., Guilyardi
et al. 2009b).

Kim and Jin (2010) investigated the ENSO simulated by the CGCMs from
Intergovernmental Panel on Climate Change (IPCC) Fourth Assessment Report (AR4)
and concluded that the majority of current CGCMs underestimate the thermocline
feedback. As a dominant process controlling the evolution of ENSO, weakened
thermocline feedback would reduce the simulated ENSO amplitude. Meanwhile, the

ENSO periodicity is largely controlled by the relative importance from the thermocline



feedback and zonal advection feedback, so that a weaker thermocline feedback is
conducive to a relatively shorter ENSO cycle, and vice versa (An and Jin 2001; Fedorov
and Philander 2000). Therefore, investigating the cause of the weak thermocline feedback
is of particular importance for the further improvement of the ENSO simulation.

The double ITCZ (Inter-tropical convergence zone) problem characterized by
excessive precipitation off the equator but insufficient precipitation on the equator is a
long standing but challenging tropical bias existing in the last several generations of
CGCMs. This double ITCZ problem is often accompanied by warm SST bias in the
southeast Pacific (SEP) and an excessive and overly SST cold tongue that extends too far
west into the western Pacific (Lin 2007). The question arises, whether and how this mean
SST state bias could influence the thermocline feedback in ENSO simulation.
Understanding this is expected to guide the improvement of ENSO simulation in coupled
climate models, and may also provide important clues applicable to the study of ENSO

property changes in a future warmer climate.

1.2 El Nino property changes in the recent decade

It is well known that ENSO experiences significant decadal changes after the mid-
1970s, with respect to its intensity, periodicity and propagations (e.g., Wang 1995; An
and Wang 2000). Usually the maximum interannual warming or cooling takes places
over the equatorial eastern Pacific (EP), however, some recent studies found that one new
type of El Nino with its maximum warming over the central Pacific (CP) has occurred
more frequently recently (Larkin and Harrison 2005; Ashok et al. 2007; Kao and Yu

2009; Kug et al. 2009; Yeh et al. 2009). At the same time, the intensity of the central



Pacific Warming (CPW) has almost doubled in the past three decades (Lee and
McPhaden 2010). In contrast to the conventional El Nifp in the EP (eastern Pacific
Warming, EPW), the CPW exhibits different impacts on worldwide climate, including a
shift of anomalous equatorial convection (Weng et al. 2007; Weng et al. 2009), increased
effectiveness in causing Indian drought (Kumar et al. 2006), reduction of rainfall along
the west coast of North America (Weng et al. 2007), and increased hurricane frequency in
the Atlantic Ocean (Kim et al. 2009a). Hence exploring the cause of this observed
location shift of EI Nif is critical for climate prediction and understanding the potential
future changes of ENSO.

A recent study suggested that the westward shift of El Nifo to the CP is due to
anthropogenic forcing-induced global warming, which causes weakened trade winds and
resultant thermocline flattening so that the thermocline feedback was suggested to be
intensified over the CP (Yeh et al. 2009). However, this hypothesis is not well supported
by investigating the El Nino property changes and the associated mean state changes in
recent decades, especially after the late 1990s.

1) The leading empirical orthogonal function (EOF) mode of tropical SST anomaly
has changed from an EP-type to a CP-type El Nifp after 1998. However, the equatorial
thermocline becomes more east-west tilted simultaneously and not shallower than before
in the CP (Fig. 1.1). This structure is also apparent by examining the temperature trend
within the recent three decades that shows anomalous temperature warming over the WP
but cooling in the EP (not shown).

2) The global mean surface temperature has leveled off after the late 1990s (Fig. 1.1a)

(Soloman et al. 2010), and the Walker circulation seems to be intensified together with



enhanced trades. Further, in the tropical Pacific the epochal mean SST difference (1999-
2010 minus 1980-1998) features a La Nifa-like global warming (Deser et al. 2010;
Kucharski et al. 2011), which differs from the El Nifb-like global warming pattern
projected by ensemble means of 22 climate models that participated in the World Climate
Research Program/Coupled Model Inter-comparison Project 3 (CMIP3) (Vecchi and
Soden 2007).

3) Under global warming, thermocline depth is shallower but the mean upwelling also
tends to be weakened associated with the weakened trades, so that the thermocline
feedback may change little (Kim and Jin 2010).

4) Caution should be exercised when using reconstructed SST data, because the
inferred SST before 1950s likely contains information of EPW embedded into (Giese and
Ray 2011). Intriguingly, an ocean reanalysis suggests that the CPW dominates over the
period between 1880s and 1950s without significant global warming contribution (Giese
and Ray 2011).

The above arguments and evidences imply that the observed ElI Nifb property
changes in the last three decades must involve other mechanisms other than this global
warming-induced uplifted thermocline mechanism. In this study, we provide an
alternative hypothesis that decadal mean state change is critical in determining the Nifp

property changes especially after the late 1990s.

1.3 The interannual variability of the western North Pacific

Subtropical High



The western North Pacific subtropical high (WNPSH) is a primary circulation system
of the East Asia (EA)-WNP summer monsoon (Tao and Chen 1987). The anomalous
WNPSH arising from the changes in its intensity and position has profound impacts on
the EA-WNP monsoon rainfall (Nitta 1987; Huang and Wu 1989) and downstream over
North America (Wang et al. 2001; Lau and Weng 2002). The prominent WNP
anticyclonic anomaly occurring during a decaying El Nifp (or transition to La Nina
events) conveys a delayed impact of ENSO to enhance EA subtropical rainfall (Wang et
al. 2000; Chang et al. 2000) and to reduce dramatically WNP tropical cyclones (Wang
and Chan 2002). The anomalous WNP anticyclone (AC) emerges during the fall of an El
Nifp developing year over the northern Philippine island (Wang and Zhang 2002), and
develops in northern winter and by spring becomes a dominant anomalous system in the
entire Asian-Australian monsoon system (Wang et al. 2003). From the fall to the ensuing
spring, two mechanisms have been recognized to be critical to the development and
maintenance of the WNPSH: a remote forcing from anomalous central Pacific warming
(Zhang et al. 1996) and a positive thermodynamic feedback between convectively
coupled Rossby waves and the underlying SST cooling (Wang et al. 2000; Lau et al.
2005).

However, exactly how this anticyclonic anomaly maintains itself against dissipation
during the following summer remains a fundamental but highly debated issue. The Indian
Ocean (10) warming after the peak EI Nifd is positively correlated with the intensity of
the anomalous WNPSH and EA summer precipitation (Ye and Huang 1996). Wu and Liu
(1995) demonstrated that an anomalous warming in the equatorial 10 can induce

enhanced WNPSH using numerical experiments. This view has been amplified by some



recent studies (Yang et al. 2007; Wu et al. 2009; Kim et al. 2009b; Li et al. 2008; Xie et
al. 2009; Chowdary et al. 2010). However, a key problem is that the most significant 10
warming is not collocated with enhanced precipitation and the atmosphere cannot feel
warm SST effect without invoking precipitation heating. Further, in the heavily
precipitating summer monsoon region, SST is essentially not a cause but sometimes a
result of the atmospheric forcing (Wang et al. 2005). As such, the linkage between the
WNPSH and the anomalous 10 SST warming remains as an important issue for
deliberation.

Most of previous studies focused on the anticyclonic activities over the WNP
following EI Nino year, however, we notice that many strong anomalous WNPSH years
are not related to the EI Nino decay years. It indicates that some other processes may also
play some role in governing the anomalous WNPSH. This calls for further investigation
of the dynamics controlling the interannual variability of the WNPSH, which may help

predict the interannual variability of the WNPSH.

1.4 Objective and Tasks

As mentioned above, some issues associated with ENSO and monsoon are not well
understood. Here we tend to address the following several issues related to ENSO and
monsoon. First, we build an ocean-atmosphere coupled model which exhibits serious
double ITCZ problem associated with excessive cold tongue extension and warm SST
bias over the SEP. Based on this coupled model, we will examine how this dipole SST
bias influences the simulation of thermocline feedback which holds key for ENSO

evolution. Second, we try to explore the possible reasons for the more frequent



occurrence of CPW particularly in the recent decade. Here we propose one possible
explanation for the more frequent occurrence of CPW by emphasizing the decadal mean
state and annual cycle changes. This newly developed coupled model will be employed to
testify the hypotheses we proposed about the mechanism leading to the mean state
change. Finally, we will investigate the mechanisms controlling the interannual
variability of the WNPSH. Based on this, we will further build an empirical model to
predict the interannual variability of the WNPSH. The data, models and methodology are

described in each chapter.



Chapter 2

POEM Coupled Model Development and Basic Performance

2.1 Introduction

We have developed a coupled model, which couples the Parallel Ocean Program
(POP, v2.0) ocean model (Smith et al. 1992; Dukowicz and Smith 1994) and the Max-
Planck-Institute (MP1) ECHAM (v4.6) atmosphere model (Roeckner et al. 1996) via the
Ocean-Atmosphere-Sea Ice-Soil (OASIS, v3.0) coupler (Valcke et al. 2003). The main
purpose to develop this coupled model is to study the dynamics and interactions among
ENSO, monsoon and MJO. For convenience, hereinafter we refer to it as the POEM
coupled model (Fig. 2.1). The POP is a descendent of the Bryan-Cox-Semtner class of
ocean models first developed by Kirk Bryan and Michael Cox (Brown 1969) at the
NOAA Geophysical Fluid Dynamics Laboratory (GFDL) in Princeton in the late 1960s.
It is also the ocean component of the CESM (Community Earth System Model) climate
model. The atmospheric model we used here is the ECHAM model in that the ECHAM
family usually has relatively better monsoon, MJO (Madden-Julian Oscillation)
simulations (Sperber and Annamalai 2008).

The major purpose to develop this coupled model is to study the dynamics,
prediction and interactions among ENSO, monsoon and MJO. In this chapter, we aim to
introduce the basic performance of POEM and discuss the potential processes resulting a
dipole SST bias pattern. The chapter is organized as the following. Section 2.2 briefly
describes the individual component of the coupled system. Section 2.3 described the data

and experiments. The annual mean SST and precipitation are introduced in section 2.4.



Section 2.5 and 2.6 present the simulations of boreal summer monsoon and MJO,
respectively. In section 2.7, we further discuss the possible causes of excessive cold
tongue extension in POEM coupled model. Finally, we summarize the results in section

2.8.

2.2 POEM Coupled Model Development

2.2.1 The POP ocean model

The POP (v2.0) ocean model is developed at Los Alamos National Laboratory under
the sponsorship of the Department of Energy’s CHAMMP program (Smith et al. 1992;
Dukowicz and Smith 1994). The original motivation to develop the POP model is to
improve massively parallel computation. But the current version of POP model also
substantially improves model physics in realistic representation of the ocean, for example,
the treatment of the barotropic mode, free-surface boundary condition and general
orthogonal horizontal coordinates. The most significant improvements can be found in
Smith et al. (1992) and Dukowicz et al. (1993).

This model is a Bryan-Cox-type, level-coordinated model with Boussinesq
approximation. The model solves the primitive equations in general orthogonal
coordinates in the horizontal direction subject to the hydrostatic approximation. The
barotropical equation is solved by using a linearized, implicitly free-surface formulation.
The Gent and McWilliams (1990) horizontal isopycnal transport scheme is adopted for
tracer equations. The main advantage to use Gent and McWilliams scheme is to include

the eddy effect and limit climate drift for coupled model. The momentum equations use



the anisotropic horizontal viscosity. The K-profile parameterization (KPP, Large et al.
1994) is used to determine vertical mixing.

The KPP scheme adopts two different turbulence models within ocean boundary layer
and ocean interior, and these two models are coupled through continuity of turbulence
diffusivities and their derivatives at the base of the boundary layer (Large et al. 1997).
The vertical viscosity is a factor of 10 (the Prandtl number) larger than diffusivity. Within
the ocean boundary layer, the turbulence diffusivities are parameterized by cubic
functions with coefficients determined by surface wind stress, buoyancy flux, and
boundary conditions at the base of the boundary layer (Large et al. 1997). Below the
surface boundary layer, the vertical fluxes follow the downgradient transport hypothesis,
with turbulence diffusivities being expressed as the superposition of the contributions
from shear-driven mixing, internal waves breaking, double diffusion, and molecular
diffusion (Large et al. 1997).

The basic model configuration for the POP model is borrowed from a low resolution
version of CCSM3 (Community Climate System Model) model (Yeager et al. 2006), with
horizontal 100 (zonal) <116 (meridional) grid points (meridionally about 0.6 <in the near
equatorial region) and 25 vertical levels. The vertical resolution is about 10 m at the
upper 100 m. We also embedded a solar absorption component based on specified
monthly mean surface chlorophyll concentration (Ohlmann 2003) that is also borrowed

from CCSM3.

2.2.2 The ECHAM atmospheric model
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The prognostic variables in the ECHAM model include vorticity, divergence,
temperature, surface pressure, water vapor, and cloud water. The surface fluxes of
momentum, heat, water vapor and cloud water are calculated based on the Monin-
Obukhov similarity theory. The vertical diffusion in the model is computed with a high
order closure scheme depending on the turbulent Kinetic energy. The parameterization of
convection is based on the mass flux concept, in which cumulus clouds are represented
by a bulk model including the effects of entrainment and detrainment on both convective
updraft and downdraft mass fluxes (Tiedtkel989). The organized entrainment and
detrainment are related to in-cloud buoyancy, and an adjusted-type closure is used, which
is based on the convective available potential energy (CAPE) with the large-scale
moisture convergence as a trigger (Nordeng 1995). We used the T42 resolution
corresponding to a horizontal resolution about 2.8< The model has 19 vertical layers

extending from the surface to 10 hPa.

2.2.3 Coupling strategies

The coupler OASIS (v3.0), developed at the European Centre for Research and
Advanced Training in Scientific Computation (CERFACS), France, is used to exchange
variables from the atmospheric and oceanic components (Valcke et al. 2003). Heat flux
conservation interpolation is adopted to keep the energy conservation, thereby avoiding
the climate drift in the coupled system. Atmosphere and ocean exchange information
once a day. The atmosphere model provides daily mean surface wind stress, heat and
freshwater fluxes to the ocean model. The latter sends daily mean SST and ocean surface

currents (without daily cycle) back to the former. Ocean surface currents are used to
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calculate the surface wind stress according to the relative velocity, which could, to a
certain degree, eliminate the cold SST bias in the equatorial Pacific (Luo et al. 2005).
Currently, the fully coupled region is confined between 60<S to 60 N. Beyond this region,
the underlying SST and sea surface ice are specified as the climatological monthly mean
derived from the 16-yr (1979-94) dataset, which were used as the boundary conditions in
the Atmospheric Model Intercomparison Project (AMIP) 11 experiments (Taylor et al.

2000). At this stage, POEM is a partially coupled model.

2.3 Data and Experiments

In this section, we use several monthly datasets. Monthly-mean SST (1958-2009)
from NOAA Extended Reconstructed SST (ERSST, v3b) (Smith et al. 2008), monthly-
mean precipitation (1979-2009) from GPCP datasets (Adler et al. 2003), surface wind
stress (1958-2001) from European Center for Medium-Range Weather Forecasts
(ECMWF) Re-Analysis (ERA-40) data (Uppala et al 2005), and ocean surface heat fluxes
(1984-2007) from objectively analyzed air-sea fluxes (OAFIux) (Yu and Weller 2007).

Besides the fully coupled run (CTRL, 100 years after 300 years spinup), we
conducted two sensitivity experiments to detect the possible causes that lead to the
excessive cold tongue extension (Table 2.1). One is an ocean forced run with observed
wind stress (ERA-40) and heat flux OAFlux (OCN_obs, 20 years). The other adopts the
daily wind stress forcing from CTRL but with observational heat flux (OCN, 50 years).
The shortwave radiation (SWR) and longwave radiation are from the International
Satellite Cloud Climatology Project Flux Data (ISCCP-FD) (Zhang et al 2004), and

climatological precipitation is from GPCP (Adler et al. 2003). Surface winds, air
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temperature and specific humidity from the National Centers for Environmental
Prediction (NCEP) in combination with ocean model SST are used to calculate surface
latent and sensible heat fluxes. Meanwhile, an AMIP experiment with observational SST

from 1979 to 1999 was also carried out.

2.4 Annual Mean SST and Precipitation

Figure 2.2 compares the annual mean SST and precipitation over the tropics and
extra-tropics obtained from the observations and the CTRL. In most of the ocean basins,
SST is simulated reasonably well with realistic spatial patterns. However, a severe warm
bias in excess of 1.5<C appears off the western coasts of the America and Africa, which is
likely linked to errors in simulating stratus clouds (e.g. Ma et al. 1996) and the marine
boundary air-sea feedbacks. A considerable cold SST bias is found in the equatorial
Pacific (Fig. 2.2c), which was suggested to be caused collectively by excessive Bjerknes
feedback (Bjerkness 1969), overestimated SST-Latent heat flux (LHF) feedback and
insufficient SST-SWR feedback (Lin 2007). Meanwhile, insufficient precipitation occurs
over the equatorial western Pacific (WP) and the northern ITCZregions, and excessive
precipitation presents over the south of equatorial regions (so-called, the double ITCZ
problem). Of particular note is that the largest underprediction (>3 mm/day) is seen in the
WP (Fig. 2.2f), which may act as a critical factor affecting ENSO simulation by altering

air-sea feedbacks in the tropical Pacific.

2.5 Summer monsoon
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Monsoon simulations and forecasts remain one of the most challenging issues in
current coupled models. For the current CGCMs participated in the World Climate
Research Program/Coupled Model Inter-comparison Project 3 (CMIP3), only 6 out of 18
models were found to have relatively realistic monsoon climatology (Annamalai et al.
2007). Here we only focus on the summer monsoon (Jun-Aug, JJA) as shown in Fig. 2.3.
Three monsoon centers are observed, the Indian summer monsoon, the Eastern Equatorial
10, and the WNP monsoon. AMIP simulation fails to capture the large precipitation
centers over the Indian summer monsoon and WNP monsoon regions, but suffers heavier
loading in the eastern Equatorial 10 (not shown). Coupled model POEM is able to
capture the observed intensity and spatial pattern reasonably well, despite of the
insufficient precipitation over the WNP (Fig. 2.3b). It indicates the importance of air-sea
interaction in simulating the summer monsoon (Fu et al. 2002; Wang et al. 2005; Kim et
al. 2008). During boreal summer season, a high spatial correlation (about 0.77) with
GPCP observations, can be obtained for the region 40 E-160E, 20<5-40N. Therefore, it
also belongs to the group with better monsoon simulations in current state-in-art coupled
models (Sperber and Annamalai 2008).

We further present, in Fig. 2.4, the first 3 leading EOF modes of boreal summer
(JJA) precipitation in the domain 40E-160E, 20<5-40N from observations. These three
modes capture about 21.7%, 9.5% and 8.5% of the total variance, respectively. The first
mode (EOF-1) is characterized by suppressed precipitation over the equatorial western
Pacific which extends northwestward to the Bay of Bengal, and enhanced precipitation
over the Maritime continent and 10 (Fig. 2.4a). The major loading in EOF-2 is trapped

over the western Pacific which shows a southwest-northeast orientated structure. These
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first two leading EOF modes have been demonstrated to be able to well capture the WNP
subtropical high, associated with the La Nina development and local thermodynamic
feedback (Wang and Xiang, submitted). The first two principle modes are referred to as
the La Nina developing mode and anticyclone-dipole SST mode (Wang and Xiang,
submitted). The EOF-3 mode acts as a typical 10 dipole (I0D) mode with suppressed
convection over the southeast tropical 10 and enhanced convection over the western 10,
together with a strong suppressed convection over the WNP (Fig. 2.4c).

Interestingly, our coupled mode is also able to well capture these three observed
precipitation modes despite of some displacement of the convection center (Fig. 2.5).
This provides a prerequisite for the seasonal forecast of the boreal summer monsoon

system.

2.6 MJO Simulation

Lin et al. (2006) investigated current CGCMs, and found that the majority of them
have difficulty in realistically representing the basic characteristics of MJO (or
Intraseasonal Oscillation), with respect to its intensity, propagation, spatial pattern. Our
coupled model shows some capacity in simulating MJO. Here we will very briefly
introduce its performance in simulating the MJO both in boreal winter (May-October)
and boreal summer (November-April) by adopting a 20-100-day bandpass-filtering of the
daily anomalies. Figure 2.6 displays the percentage variance of zonal wind at 850 hPa
(U850) accounted by ISO. It is clear that POEM reasonably captures the major loading

with relatively strong I1SO signals, measured by the percent variance accounted for by the
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20-100-day band relative to variance filtered with a wider bandwidth. The intreasonal
variance of U850 tends to be constrained in the summer hemisphere.

We also performed the EOF analysis of the bandpass filtered 850 hPa zonal wind
during boreal winter (Fig. 2.7) and boreal summer (Fig. 2.8). During boreal summer, the
first mode (EOF-1) is characterized by enhanced convection over the Indian Ocean and
suppressed convection over the western Pacific. EOF-2 mode shows the eastward
propagation of the anomalous convection to the maritime continent. POEM reasonably
simulates the first 4 leading EOF modes but EOF-3 is corresponding to EOF-4 in
observations and EOF-4 represents the EOF-3 in observations.

Wavenumber-frequency spectra analyses for equatorial precipitation and U850 are
also examined in Fig. 2.9. Observations show that U850 shows a clear peak period of 30-
90-day with zonal wavenumber 1, and zonal wavenumbers 1-3 for precipitation. The
eastward power is dominating (4 times larger) over the westward component. In general,
coupled model POEM obtains a reasonable results compared with observations although
the component of the eastward propagation is stronger in boreal summer but slightly

weaker during boreal summer (Fig. 2.9).

2.7 Possible causes of excessive cold tongue extension

Many different aspects can contribute to the excessive cold tongue extension problem.
In brief, deficiencies in individual model component and air-sea feedbacks are suggested
to be responsible for this. From the oceanic point of view, cold SST bias in the equatorial

Pacific could be a consequence of deficiency in ocean dynamics, surface heat flux and
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dynamic wind stress biases. Indeed, these factors cannot be exactly separated, while we
can find some clues by comparing several experiments.

First, we regard the difference between the OCN_obs and observational SST is due to
the ocean dynamics deficiencies since OCN_obs uses the observed heat flux and surface
wind stress forcing. It is interesting that significant cold SST bias is found over the
equatorial CP with its maximum (-1.5 <C) locating near 120W (Fig. 2.10b). This
maximum SST cooling collocates with the strongest mean upwelling over the equatorial
Pacific (Fig. 3.6). As a result, we suggest that this could be related to too strong
upwelling and/or vertical mixing. The experimental difference between CTRL and OCN
is due to heat flux bias in the CTRL run since they share the same surface wind stress
forcing. Notice that pronounced cold SST bias appears over the CP and WP with its
maximum (-1.5 <C) slightly to the east of the international dateline (Fig. 2.10c).

The question arises, however, which component among the heat flux contributes to
this cold SST bias as shown in Fig. 2.10c. To address this question, we plotted the
equatorial heat flux averaged over 55-5N (Fig. 2.11) from observations, AMIP, and
CTRL. It is clear that, in the AMIP run, the SWR is underestimated but the LHF is
overestimated so that the net heat flux is grossly underestimated. The weakened net heat
flux exhibits a relatively uniform structure in the zonal direction, while the resultant SST
bias does displace westward. It implies that mean circulation and air-sea feedback tend to
shift the most prominent cold SST bias westward.

Strikingly, the CTRL run attains similar net heat flux with observations which is
primarily due to the reduced LHF (Fig. 2.11), longwave and sensible heat flux (not

shown). Similar magnitude of SWR is obtained in the CTRL and AMIP runs. It gives an
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indication that air-sea coupling acts to reduce the cold SST bias through SST-LHF
feedback and SST-upwelling feedback.

Now, let us focus on the dynamic effect from surface wind stress bias. As shown in
Fig. 2.12, in comparison with observation, surface wind stress in the CTRL is slightly
weaker over the region east of 160 W but stronger over the region west of 160<W. To
detect the impacts from surface wind stress bias, we compare the SST difference between
OCN and OCN_obs. These two experiments share the same surface heat flux from
observations but with different surface wind stress forcings. In the far EP, wind stress
bias (compared with observations) displays strong cross equatorial flow from
northeasterly to northwesterly (Fig. 2.12). This wind stress can produce a dipole SST bias
pattern with SST cooling over the north of the equator but SST warming over the south of
the equator. Considerable easterly bias is evident over the WP but it can only generate a
moderate SST cold bias (0.5 <C). Therefore, we conclude the dynamic effect from
surface wind stress bias tends to amplify the SST warming bias over the SEP but plays
less important role in driving the excessive cold tongue extension in our coupled model—
POEM. Nevertheless, caution should be made in that this conclusion may not be
applicable for other coupled climate models. We notice in particular that large
discrepancy of zonal surface wind stress is seen between the CTRL and the
corresponding AMIP run (Fig. 2.11). In comparison with the AMIP run, the CTRL
produces significantly underestimated (overestimated) easterly wind over the region east
(west) of dateline. In other words, in comparison with observations, the relatively

‘reasonable’ surface zonal wind stress from the CTRL acts as a result of air-sea feedback.
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It is caused by the reduced zonal SST gradient as shown in Fig. 2.2c. We will discuss this

in detail in the next chapter.

2.8 Summary and Discussion

We have developed a coupled model—POEM, by coupling POP (v2.0) ocean model
and ECHAM (v4.6) atmospheric model with the aid of the coupler OASIS (v3.0). It is
coupled in the region between 60<S and 60N and climatological SST and sea ice are
implanted beyond these latitudes. The main purpose to develop this coupled model is to
study the dynamics and interactions of ENSO, monsoon and MJO. Results show that this
model can well capture several maximum monsoon center during boreal summer. The
first 3 leading EOF modes of precipitation (La Nina developing mode, Anticyclone-
dipole SST coupled mode and 10D mode) are also reproduced in the fully coupled run
during boreal summer. Reasonable MJO simulations are also obtained with respect to its
intensity and propagation features.

This model suffers a serious double ITCZ problem. The counterpart of the double
ITCZ problem in SST is characterized by a dipole bias pattern with excessive cold tongue
extension and warm SST bias over the SEP. We argue that the main problems
contributing this excessive cold tongue extension are from two different aspects. One is
caused by deficiencies in ocean dynamics possibly related to upwelling and turbulent
mixing. The other is tightly linked to the atmospheric model with less SWR but more
LHF over the equatorial Pacific. One possible cause of the underestimated SWR is that
parameterized cumulus precipitation is excessively sensitive to low-level moisture

convergence so that deep convection is easy to form. The overestimated LHF is likely
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caused by less moisture in the near-surface atmosphere. It provides two different

directions to further improve this coupled model performance.

Table 2.1 List of experiments designed in this chapter

Experiments

Descriptions

CTRL

OCN

OCN_obs

AMIP

Fully coupled run with 100 years after 300 years
spinup

Climatological daily wind stress forcing is from
CTRL, and SWR and longwave radiative fluxes are
from the International Satellite Cloud Climatology
Project Flux Data (ISCCP-FD) (Zhang et al. 2004),
and climatological precipitation from the GPCP.
Surface winds, air temperature and specific humidity
from the National Centers for Environmental
Prediction (NCEP) in combination with ocean model
SST are used to calculate surface latent and sensible
heat fluxes.

Forced with observational wind stress (ERA-40) and
heat flux as same as the OCN run.

Atmospheric forced run with observed SST from
1979-1999.
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Chapter 3
Reduction of the Thermocline Feedback associated with the

Mean SST Bias in ENSO Simulation

3.1 Introduction

The simulation of EI Nifb/Southern Oscillation (ENSO) in the coupled General
Circulation Models (CGCMs) has achieved steady progresses in recent decades
(Mechoso et al. 1995; Latif et al. 2001; AchutaRao and Sperber 2002; Meehl et al. 2005;
Randall et al. 2007). However, the physical processes related to ENSO are unrealistically
simulated in various degrees. For example, the majority of current coupled model achieve
weak thermocline feedback and zonal advection feedback together with weak thermal
damping effect (Kim and Jin 2010). From this point of view, although some current
CGCMs achieve comparable ENSO amplitude with observations (Guilyardi et al. 2009b),
it does not guarantee the realistic representation of the model physics in governing ENSO
behaviors. More importantly, it would largely influence the fidelity how ENSO property
will change under external anthropogenic forcing.

Understanding and improving ENSO simulation are of particular importance and
highly desirable for a number of reasons. Firstly, the reality of ENSO representation
seriously affects the skill and confidence of climate predictability from synoptic to
interannual time scales (e.g. Vitart et al. 2003; Guldberg et al. 2005). Secondly, the
diverse (or even opposite) results on the projected changes of ENSO properties in

response to anthropogenic forcing (Merryfield 2006; Guilyardi 2006; Philip and van
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Oldenborgh 2006; Latif and Keenlyside 2009; Kim and Jin 2010) are more often
attributable to the notorious deficiencies in representing ENSO under the present-day
climate. Thirdly, realistic ENSO simulation largely determines the capability and fidelity
of a model in reproducing the most prominent tropical and tropical-extratropical
teleconnections (e.g. Joseph and Nigam 2006).

Diagnosing the possible sources of systematic biases is an essential step to
understand and alleviate these biases in ENSO simulation. Usually, systematic biases in a
coupled system can be traced back to shortcomings of individual model components. For
example, the convection scheme in an atmospheric model has been known to have
profound influences on ENSO simulation in a coupled system (Kim et al. 2008; Neale et
al. 2008; Guilyardi et al. 2009a). From the oceanic point of view, Meehl et al. (2001)
highlighted the importance of vertical diffusivity and claimed that weaker vertical
diffusivity is able to produce stronger ENSO amplitude due to the resultant sharp
thermocline gradients. Another essential process is the atmosphere-ocean feedback that
may exacerbate any model’s intrinsic biases and further cause a mean-state drift away
from the observed climate, which, in turn, will also affect ENSO simulation.

The strong interactions between annual mean state and ENSO have been extensively
investigated in previous studies in both observations and numerical models (e.g. Li and
Hogan 1999; Fedorov and Philander 2000; Wang and An 2001; An et al. 2010). By the
same token, the mean state biases in a coupled system could undermine the quality of
ENSO simulation (Wittenberg et al. 2006; Large and Danabasoglu 2006; Spencer et al.
2007; Manganello and Huang 2009). Spencer et al. (2007) suggested that ENSO

amplitude is very sensitive to not only the imposed heat flux corrections but also its
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meridional extent (i.e. tropical versus equatorial regions). Manganello and Huang (2009)
pointed out that the warm SST bias in the Southeast Pacific (SEP) tends to induce a
stronger ENSO amplitude. Kim and Jin (2010) investigated the ENSO simulated by the
CGCMs from IPCC AR4 and concluded that the majority of current CGCMs
underestimate the thermocline feedback, but the causes are not clear. In this study, we
mainly focus on exploring the possible factors leading to the weakened thermocline
feedback in a coupled system.

As the dominant factor controlling the development of ENSO events, weakened
thermocline feedback will reduce the simulated ENSO amplitude. Meanwhile, it may also
alter the periodicity of ENSO. Previous studies have shown that the time scale of ENSO
is primarily determined by the relative contribution from the thermocline feedback and
the zonal advection feedback (An and Jin 2001; Fedorov and Philander 2000), so that a
weaker thermocline feedback is conducive to a relatively shorter ENSO cycle, and vice
versa. Therefore, investigating the cause of the weak thermocline feedback is of
particular importance to improve the ENSO simulation. However, to the best of our
knowledge, this has not been systematically addressed in the literature. In this study, we
aim to investigate how the mean SST bias influences the thermocline feedback. The
finding of this study is expected to guide the improvement of atmosphere-ocean models
in terms of better ENSO simulation, and may also provide important clues applicable to
the study of ENSO property changes in a future warmer climate.

For convenience, we divided the equatorial Pacific into three regions, the WP (west
of 1809, equatorial central Pacific (CP, 1802120 W), and equatorial eastern Pacific (EP,

east of 120W).
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This paper is organized as follows. Section 3.2 introduce the model, experiments and
validation datasets used in this study. The simulated ENSO properties are described in
section 3.3. We further discuss the air-sea coupling strength in Section 3.4. The wind-
thermocline coupling and thermocline-subsurface temperature coupling are discussed in
section 3.5. Section 3.6 investigates the impacts of mean state biases on the equatorial

mean upwelling. Section 3.7 summaries our major findings and discusses remained issues.

3.2 Model, Experiments and Validation data

3.2.1 Model, Experiments

The coupled model we used here is the POEM model which was introduced in
Chapter 2. Several experiments are conducted in this study. The first is a fully coupled
run for 100 years after 300 years spinup. Hereinafter we refer to this experiment as the
control run (CTRL). In addition, two sensitivity experiments are carried out to
demonstrate the potential impact of mean SST bias on ENSO simulation: the annual-
mean SST correction (AMSC) run and the ocean-forced (OCN) run (Table 3.1). For the
AMSC, we use a flux adjustment to ‘correct’ the annual mean SST field. Briefly, we first
carry out a 30-year coupled integration with a strong SST restoring force (a restoring
timescale of 5 day) towards the observed climatology, from which the corresponding
Newtonian damping term can be estimated and extracted. We, then, average this long-
term damping (Fig. 3.1a) and add it to the SST equation in the coupled AMSC run.
Similar to CTRL, we integrate the AMSC for 100 years.

A 50 years ocean forced run with daily wind stress forcing from the CTRL

experiment, and shortwave radiation (SWR) and longwave radiation from the
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International Satellite Cloud Climatology Project Flux Data (ISCCP-FD) (Zhang et al
2004), and climatological precipitation from the Global Precipitation Climatology Project
(GPCP). Surface winds, air temperature and specific humidity from the National Centers
for Environmental Prediction (NCEP) in combination with ocean model SST are used to

calculate surface latent and sensible heat fluxes.

3.2.2 Validation datasets

Several datasets have been used to validate model simulations: Monthly-mean SST
(1958-2009) from NOAA Extended Reconstructed SST (ERSST, v3b) (Smith et al. 2008),
monthly-mean precipitation (1979-2009) from GPCP datasets (Adler et al. 2003), surface
wind stress (1958-2001) from European Center for Medium-Range Weather Forecasts
(ECMWF) Re-Analysis (ERA-40) data (Uppala et al 2005), and ocean surface heat fluxes
(1984-2007) from objectively analyzed air-sea fluxes (OAFlux) (Yu and Weller 2007). A
reanalysis of ocean climate using Simple Ocean Data Assimilation (SODA, v2.0.2) is
also used (Carton et al. 2005), which is forced by ECMWF surface wind stress from 1958
to 2001. We also used the Climate of the Twentieth Century (20C3M) simulation from 12
CGCMs from IPCC AR4 (http://www.ipcc-data.org/ar4/scenario-20C3M.html), along
with their corresponding available AMIP runs (1980-1999). Table 3.2 lists all these

models along with their brief descriptions.

3.3 ENSO simulations

As is well known, the growth of ENSO is ascribable to several positive ocean-

atmosphere feedbacks that encompass interactions of atmospheric convection, ocean

25



dynamics and the equatorial surface winds (e.g. Jin et al. 2006; Guilyardi et al. 2009b; An
et al. 2010). Among them, the most dominant contribution comes from the thermocline

feedback, which carries subsurface variability to surface through mean upwelling. The

thermocline feedback can be expressed as —W [I)DTe oc R(U,T)R(Z 20,u)R(Te, Z20)W ,
z

where W represents the equatorial mean upwelling and T, denotes the subsurface

temperature anomaly (Liu et al. 2011). From this, the intensity of thermocline feedback
can be found to be related to four different factors, a) the air-sea coupling strength (R(u,
T)) that measures surface wind stress (u) response to SST anomaly (SSTA, T), b) wind-
thermocline coupling (R(Z20, u)) where the 20<C isothermal line (Z20) is used as a proxy

of the thermocline depth, c¢) thermocline-subsurface temperature coupling (R(Te, Z20)),

and d) mean upwelling (W ).

With an annual-mean Newtonian damping (Fig. 3.1a), the AMSC corrects, to a great
degree, the SST bias inherent in the coupled system (Fig. 3.1b). The double ITCZ
problem is also largely eliminated compared with the CTRL (Fig. 3.1c versus Fig. 2.2f).
In this study, we consider the AMSC to be a best realization although some other fields,
such as surface wind stress and precipitation still show non-trivial biases. Figure 3.2
displays the standard deviation of SSTA from observations, the CTRL and AMSC. In
comparison to AMSC, the overall ENSO amplitude in the CTRL does not change much
but with a reduced (enhanced) variation over the CP (WP and far EP) (Fig. 3.2d).
Nevertheless, the thermocline feedback in the CTRL is substantially underestimated to be
only about 27% of that in the AMSC (Table 3.3). The weakened thermocline feedback is
attributed to the underestimation of air-sea coupling strength (42%), wind-thermocline

coupling (16%), thermocline-subsurface temperature coupling (25%) and mean
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upwelling (27%) (Table 3.3). We will discuss these four factors in the following several

sections.

3.4 Air-sea coupling strength

Surface zonal wind anomaly acts as an integral component of the Bjerknes feedback
that couples the atmospheric anomalous convection and ocean subsurface variability, so
that air-sea coupling strength R(u, T) largely determines the intensity of the thermocline
feedback. Kim and Jin (2010) found that the majority of current CGCMs underestimate
the air-sea coupling strength in comparison to observations. Further, Lioyd et al. (2010)
concluded that air-sea coupling strength is usually weaker in coupled runs than in the
corresponding AMIP runs. However, the physical explanation is unclear. Here we
demonstrate that the weakened air-sea coupling strength is closely linked to the mean
SST bias.

We present, in Fig. 3.3, the spatial pattern of precipitation and zonal wind stress
anomalies that were regressed onto the Nifp-3 index from the observations, the CTRL
and AMSC. Observational results illustrate that a maximum anomalous precipitation is
located near the international dateline, with large portion of precipitation anomaly
expanding to the ITCZ region (Fig. 3.3a). It also indicates that ENSO is strongly
convectively coupled with prominent precipitation and surface wind stress anomalies. In
the AMSC, ENSO-related maximum precipitation is stronger than that in observations
but largely absent in the equatorial EP, so that the resultant zonal wind stress displaces
westward (Fig. 3.3c and 3.3a). This is possibly due to the fact that the AMSC still has

about 0.5°C cold bias in the EP (Fig. 3.1b).
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However, in the CTRL, ENSO-related precipitation anomaly resembles a horseshoe-
like pattern, with two parallel bands of intense precipitation straddling the equator across
the equatorial Pacific (Fig. 3.3b). Note that the CTRL also fails to capture the maximum
precipitation anomaly near the international dateline but with a maximum center
migrating far west. Therefore, when the anomalous convection moves eastward during El
NifD events, it tends to move along the zones of warmest SST at 55 and 5N, avoiding
the cold equatorial region. This bias has direct impacts on the air-sea coupled system with
a combination of two effects. First, the suppressed precipitation anomaly, to a great
extent, decouples the atmosphere and ocean through reducing the convection-low level
wind feedback. Second, the westward displacement of the anomalous convection acts to
reduce surface westerly anomaly over the CP. Consequently, surface zonal wind stress
anomaly exhibits a zonally elongated but significantly weakened amplitude (Fig. 3.3b).

Since the maximum zonal wind stress anomaly appears in the CP, we propose to use
the zonal wind stress anomaly in the CP, rather than that over the Nifb-4 region as
Guilyardi et al. (2009a) did, to quantitatively measure the intensity of the air-sea coupling
strength. According to this definition, the CTRL produces a much weaker coupling
strength than that derived from the AMSC and ERA-40 (Table 3.3). The air-sea coupling
strength is reduced about 42% in the CTRL in comparison to the AMSC. It further
confirms that the errors of coupling strength indeed arise, or at least partly, from the
mean SST bias.

To distinguish the convection-induced surface wind anomaly, we use a dry AGCM
model which is built based on a dry version of Princeton AGCM with five sigma levels

(Jiang and Li 2005; Li 2006; Xiang et al. 2011). This dry AGCM is forced by prescribed
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heating. It is clear that low-level wind response exhibits distinct patterns with different
prescribed mid-tropospheric heating (Fig. 3.3d-f). For the case with the heating similar to
the regressed precipitation pattern from the CTRL, the dry AGCM produces much
weaker low level wind anomalies than those from the AMSC and observations. Both
from the fully coupled and dry AGCM simulation, one important feature is that the zonal
wind stress anomaly related to the precipitation from the CTRL exhibits weak meridional
gradient. In the near-equatorial region, the horizontal pressure gradient is weak so that the
SST gradient-induced zonal wind is suggested to have weak meridional gradient.
However, the observational zonal wind anomaly in the CP mainly represent the Rossby
wave component with the precipitation heating, which actually decays rapidly in the
meridional direction. Further, in the CTRL, the maximum zonal wind anomaly is residing
to the east of the maximum convection (Fig. 3.3b). Considering the fact that the surface
wind stress is nonlinearly related to surface wind (McGregor et al., submitted), we then
compared the mean surface (1000 hPa) wind speed between two experiments (Fig. 3.4b).
It is clear that the surface wind speed is significantly weakened in the CP but stronger in
the WP. As such, the nonlinearity tends to induce intensified (reduced) wind stress
response in the WP (CP), however, it is opposite in the CTRL run (Fig. 3.3b). Thus the
zonal wind anomaly in the CTRL mainly arises from the zonal SST gradient instead of

convective anomaly.

3.5 Wind-thermocline coupling and thermocline-subsurface

temperature coupling
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We now focus on another important issue of the thermocline feedback, namely, how
the thermocline responds to the surface wind stress forcing and how the subsurface
temperature varies with respect to the thermocline depth changes. As is well known,
equatorial zonal wind stress forcing can excite eastward propagating Kelvin waves and
westward propagating Rossby waves, prompting to form an east-west thermocline
contrast pattern. The linear regression of thermocline anomaly regressed onto the CP
zonal wind stress anomaly is calculated to estimate the strength of the wind-thermocline
coupling R(Z20, u).

We present, in Fig. 3.5a, b, the thermocline change regressed onto the equatorial
zonal wind anomaly averaged over 160<E-130W, 5°G-5N. Based on the spatial
distribution, the wind-thermocline coupling R(Z20, u) is defined as the regressed
thermocline depth averaged over 180<80<W, 2<5-2N. Both the AMSC and CTRL
obtain weaker wind-thermocline coupling than observations, while the wind-thermocline
coupling in the CTRL is weaker about 16% than the AMSC (Table 3.3). The question
arises, however, what causes this weakened wind-thermocline coupling in the CTRL? We
argue that this is tightly related to the equatorial zonal wind stress pattern (Fig. 3.5c, d).
As mentioned in section 4, the convection-induced westerly anomaly displays strong
meridional gradient structure as part of Rossby wave response, however, zonal wind
stress in response to zonal SST gradient may have weak meridional gradient. The
regressed equatorial (1<5-1N) zonal wind anomaly averaged over 160 E-130W is
larger in the AMSC than that from the CTRL (1.51 versus 1.38) although the most

intense center from the AMSC shifts to the south of the equator (Fig. 3.5¢c, d). Hence, the
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AMSC attains stronger wind-thermocline coupling since equatorial zonal wind is more
effective to drive equatorial waves than that of the off-equatorial winds.

The wind-induced thermocline depth changes can alter subsurface temperature. We
plot the linear regression of equatorial temperature anomaly onto the Z20 anomaly
averaged over 180<80<W, 2<5-2N (shading in Fig. 3.6). It can be seen that the CTRL
bears close resemblance to the AMSC in representing the maximum temperature changes
at the center of the thermocline with strongest mean vertical temperature gradient. Yet, it
is significantly weaker at the bottom of the mixed layer depth (60 m) from the CTRL
(shading in Fig. 3.6¢). The thermocline-subsurface temperature coupling, R(Te, Z20), is
quantitatively measured by the regressed subsurface temperature averaged over 180<
80W, 2°5-2N (Table 3.3). Results show that R(Te, Z20) in the CTRL is weaker about
25% than that in the AMSC. This is attributed to the cold SST bias which induces an
underestimation of mean upper-ocean stratification at the bottom of mixed layer

(contours in Fig. 3.6c).

3.6 Equatorial mean upwelling

3.6.1 Dynamics determining the equatorial upwelling

Mean equatorial upwelling holds key for ENSO growth, however, it is relatively
difficult to measure it directly due to its small magnitude. The equatorial upwelling is
usually estimated by calculating the transports of the meridional overturning cell
(Johnson et al. 2001; Meinen et al. 2001; Cronin and Kessler 2009) or horizontal

divergence.
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In the regions away about one Rossby radius (~2.2 < latitude) from the equator, the
geostrophic and Ekman components are expected to account for the lowest-order
dynamics of the near-surface velocity (Lagerloef et al. 1999). In the equatorial Pacific,
the meridional geostrophic currents typically show a convergence effect occurring in the
upper 200 m, whereas the Ekman currents tend to have a divergence effect within a much
shallower depth (Meinen et al. 2001). However, only about half of the Ekman divergence
can be counterbalanced by the meridional geostrophic convergence in the upper 50 m.
Based on mass conservation, this combination effect from the Ekman divergence and
geostrophic convergence necessitates vertical motion with its maximum at the depth
around 50 m (Meinen et al. 2001; Johnson et al. 2001).

The divergent Ekman flow, balanced with the Coriolis force and vertical gradient of
horizontal viscous force, is by far the largest component contributing to the equatorial
upwelling. The meridional Ekman current can be estimated by:

_ 10z,
P, 02 1)

- 1:Vek

where f is the vertical component of the Coriolis parameter, v, is the meridional Ekman
velocity, and p, is the background density. The zonal viscous stress 7, can be related to

the shear profile through the turbulent viscosity parameter A, ,

B ou(z)
Tx(z) - poA\/ 62 (2)
Taking (2) into (1) yields,
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—Va =A poe 3
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The boundary condition can be provided with the balance of the shear stress and

surface wind stress 7,

T, = P A Z—l: at z=0; 4)

7,=0 at z=-H; (5)

Integrating (1) from the surface to the bottom of the Ekman layer (-H) shows that the
Ekman transport is to advect waters exactly to the right of the wind stress in the northern
hemisphere, to the left in the southern. Although the Ekman transport is only related to
the surface wind stress and the Coriolis parameter, the upper ocean Ekman current,
especially in the upper 30 m where the poleward divergence is largest (Johnson et al.
2001; Cronin and Kessler 2009), highly depends on the vertical turbulent mixing and the
vertical distribution of the zonal currents. Thus, the impacts of mean state biases on the
mean upwelling are investigated separately by examining the effects of surface wind

stress forcing and interior ocean turbulent mixing.

3.6.2 Dynamic impacts associated with surface wind stress forcing

Figure 3.7 displays the longitude-depth diagram of the vertical velocity along the
equatorial Pacific from the CTRL and AMSC. For the AMSC, the maximum upwelling is
located in the CP around 140 W at the depth of about 60 m (Fig. 3.7b), with a magnitude
of about 1.6 m/day. Compared with AMSC, the CTRL features a substantially weaker
upwelling in the CP but slightly stronger upwelling over the WP. The maximum
reduction in the CTRL is found at the depth of about 60 m, collocated with AMSC’s

maximum mean upwelling.
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Since the equatorial upwelling velocity is, to the first order approximation,
proportional to the intensity of the equatorial easterly wind stress, we examined the
surface wind stress difference between these two experiments. Figure 3.8a shows that the
AMSC run has an enhanced (reduced) easterly wind stress in the equatorial CP (WP),
which is dynamically consistent with the mean upwelling difference shown in Fig. 3.7c.

Then, what causes the wind stress difference? Physically, surface wind stress is
driven by two different ways, namely convection and lower boundary SST gradient
(Lindzen and Nigam 1987). In order to identify the responsible mechanisms, we analyzed
the mean state differences in sea level pressure (SLP), precipitation and 850 hPa wind
between the CTRL and the AMSC (Fig. 3.8b, c¢). Note that in the tropical region, the 850
hPa (above the atmospheric boundary layer) wind can be approximately regarded as
convectively driven. The surface wind stress and 850 hPa wind difference both show
enhanced trades in the equatorial WP, coherent with the underestimated precipitation
there. By contrast, large discrepancy appears in the equatorial CP between 850 hPa wind
and surface wind stress. At 850 hPa, strong northerly wind is seen in the CP, which is
suggestively driven by the excessive precipitation over the south of the equator (Fig.
3.8c). This is different from surface wind stress difference that shows a large westerly
component (Fig. 3.8b).

This implies that the westerly wind stress difference in the CP (Fig. 3.8b) is not
convectively driven associated with the double ITCZ problem. Actually, it mainly
represents a divergent wind component that agrees well with the zonal gradients of SLP
difference (Fig. 3.8b). A SLP dipole pattern is apparent with its maximum in the

equatorial Pacific around 180E and minimum in the SEP (Fig. 3.8b), driving a
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northwesterly wind with strong westerly component. As such, we argue that this CP wind
stress difference primarily originates from the reduced SST zonal gradients (Lindzen and
Nigam 1987) (Fig. 2.1c).

The above arguments highlight the importance of dynamic effects of surface wind
stress in determining the intensity of equatorial upwelling. In addition, the
thermodynamic effect may also affect the mean upwelling by altering the upper ocean
momentum viscosity as well as the Ekman divergence. However, the above comparison
between CTRL and AMSC cannot separate these two different processes. In fact, given
the same surface wind stress forcing, the equatorial mean upwelling could be different
due to the convection-induced mixing in the upper ocean, which is addressed in the next

section.

3.6.3 Thermodynamic impacts associated with upper-ocean convective mixing

As discussed in section 6.1, meridional Ekman divergence plays a dominant role in
driving the equatorial upwelling so as to maintain the cold SST in the equatorial EP.
Meanwhile, the Ekman currents are tightly linked to the turbulent vertical diffusion,
which plays a very important role in realistically representing the SST, vertical mixed-
layer structure, and upper ocean currents (Blanke and Delecluse 1993). Schneider and
Muller (1994) found that both the meridional and vertical velocity in the near-surface are
very sensitive to the intensity of mixing, and particularly increasing eddy yields reduced
equatorial upwelling in the surface layer. To reveal the thermodynamic impacts
associated with the excessive cold tongue extension on the equatorial mean upwelling,

we compare the CTRL with the OCN. The latter is forced with observed monthly heat

35



and freshwater fluxes, but daily wind stress forcing from the output of the CTRL. Thus,
the model difference between them must originate from heat and/or freshwater fluxes
forcing. The purpose to use daily wind stress forcing for the OCN is to retain high
frequency wind variability which may substantially influence the upper ocean vertical
mixing.

Compared with the OCN, the CTRL also displays pronounced SST cooling between
160<E and 120W with its maximum cooling of about -1.5C near 160W (Fig. 3.9a).
Consistently, a deepened mixed layer is evident over the equatorial region (Fig. 3.9b). In
terms of the mean upwelling, the CTRL exhibits a prominently underestimated upwelling
in the region generally collocated with the region of pronounced SST cooling (Fig. 3.9c).
One striking feature is that the reduced upwelling is located in a relatively shallower
depth compared with the case mainly due to the dynamic wind stress forcing effect (Fig.
3.9c versus Fig. 3.7¢).

Equatorial upwelling is mainly driven by the meridional Ekman divergence and the
zonal current gradient plays less important role. The difference between CTRL and OCN
also confirms that the weakened upwelling is primarily caused by the meridional currents
difference rather than the zonal currents difference (Fig. 3.10). To understand the cause
of this, we present the meridional currents averaged in the upper 30 m (Fig. 3.11a, b).
Clearly, the CTRL experiment has much weaker meridional currents and features weaker
meridional gradient in the region between 160E and 130<W. Meanwhile, a baroclinic
structure with near-surface divergence and subsurface convergence is evident in the
vertical-meridional diagram of the mean meridional currents averaged over 160 E-

130W. The difference between the CTRL and OCN (contours in Fig. 3.11d) illustrates
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an opposite structure to the mean pattern with near surface convergence and subsurface
divergence indicating weaker divergence in CTRL (Fig. 3.11c). This meridional current
difference readily accounts for the weaker upwelling in the CP in the CTRL.

Since these two experiments share the same daily wind stress forcing, the meridional
currents difference should originate from thermodynamic effect related to the upper-
ocean buoyancy. From the definition of Ekman currents (Eq. 3), vertical mixing acts as a
necessary condition to produce Ekman currents as well as upwelling. However, cold SST
bias could enhance the convective eddy-induced mixing and turbulent viscosity, which
also reduces the vertical shear of currents because currents with strong vertical shear can
only come out the region with stable stratification.

Results also show that sea surface height (SSH) patterns derived from these two
experiments are very similar (not shown), indicating that the convergent geostrophic
currents are almost identical. As a result, the meridional currents difference mentioned
above should be attributed to Ekman currents. To help visualize a more complete picture,
we plot the zonally (160 E-130<W) averaged mean viscous stress along 2.8 N and 2.8<5
(Fig. 3.12). As expected, the zonal viscous stress is stronger in the upper ocean in the
CTRL, except at sea surface where it is identical to surface wind stress. The maximum of
the intensified viscous stress is residing at the depth of about 30 m (Fig. 3.12), leading to
a reduced (increased) vertical shear of zonal viscous stress in the depth range above
(below) 30 m. Based on the viscous stress, we further estimated the meridional Ekman
currents, and the CTRL depicts weaker meridional Ekman currents at the depth above 30
m but stronger below this (Fig. 3.13), which is responsible for generating a weakened

upwelling shown in Fig. 3.9c.
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3.7 Summary and discussions

Although contemporary climate models have achieved substantial improvements in
ENSO simulation (Latif et al. 2001; AchutaRao and Sperber 2002; Meehl et al. 2005;
Randall et al. 2007), great challenges remain in many aspects. The thermocline feedback
serves as the most dominant process for the development of ENSO, however, the
majority of current CGCMs exhibit underestimated thermocline feedback (Kim and Jin
2010). Mean state biases inherent in the current CGCMs could be one alternative
candidate for the underestimation of thermocline feedback. Thus, understanding the
impact of the systematic biases on ENSO is instrumental for finding the causes of the
deficiencies and improving ENSO simulation.

Associated with the double ITCZ problem, mean SST bias typically resembles a
dipole pattern with excessive cold tongue extension in the equatorial CP and excessive
warm SST in the SEP. This stays as a long standing and challenging issue inherent in

many contemporary CGCMs. Based on a newly-developed coupled model —POEM, we

reveal that this systematic SST bias can severely suppress the thermocline feedback,
through reducing the air-sea coupling strength, wind-thermocline coupling, thermocline-
subsurface temperature coupling and equatorial mean upwelling.

Firstly, the equatorial cold SST bias weakens and pushes the mean Walker
circulation westward, which leads to a significant underestimation of convection-low
level wind feedback as well as air-sea coupling strength. Secondly, with the suppression
of anomalous deep convection over the CP, the equatorial surface zonal wind anomaly

exhibits weak meridional gradient that is suggestively responsible for the underestimated
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wind-thermocline coupling. Thirdly, equatorial cold SST bias leads to a weakened mean
stratification, yielding a reduced thermocline-subsurface temperature feedback. Finally,
both dynamic and thermodynamic effects from this SST bias contribute to the weakened
mean equatorial upwelling. The dynamic effect arises from the weakened easterly wind
stress in the CP because of the reduced east-west zonal SST gradient. Meanwhile, the
equatorial cold SST bias considerably enhances the upper-ocean vertical mixing but
reduces the vertical shear of meridional currents, resulting in a weakened upper ocean
Ekman divergence and mean upwelling.

One intriguing feature is that although the thermocline feedback is largely
underestimated, the simulated ENSO amplitude in the CTRL is comparable with that in
the AMSC. We argued that the decrease of thermal damping effect largely compensates
the effect of the reduced thermocline feedback. The SWR and LHF feedbacks are two
dominant components for the thermal damping (Jin et al. 2006). Thermal damping can be
measured by the heat flux anomaly (net, SWR, LHF) regressed onto SSTA (Fig. 3.14).
Observational results show strong thermal damping on the equatorial region with SWR
feedback dominating over LHF feedback in the region between 140<E and 140<W, and
the opposite is true in the region east of 140<W. Different CGCMs show large diversity
particularly due to large uncertainty in SWR feedback (Lioyd et al. 2010; Kim and Jin
2010). Strikingly, the AMSC realistically captures both the SWR and LHF feedbacks,
whereas these feedbacks are significantly underestimated in the CTRL. The weak SWR
feedback in the CTRL can be a consequence of the weakened and westward migration of

anomalous convection. The reduced LHF feedback is conceivable to be ascribed to the
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reduced mean southeasterly trade wind speed (Fig. 3.4b) and lower specific humidity
associated with cold SST bias.

How does the SST bias influence the ENSO amplitude may be model-dependent, as
the ENSO amplitude also relies on some other processes, such as the zonal advection
feedback, nonlinearity (e.g., An 2008) and noise level (e.g., Zavala-Garay et al. 2003; Jin
et al. 2007). Nevertheless, those processes affecting the thermocline feedback proposed in
this study are suggested to be applicable for other CGCMs. For example, we investigated
12 CGCMs from IPCC ARA4 together with their corresponding AMIP runs (Table 3.2).
The results show that most of them have cold SST bias in the CP and WP and warm bias
in the SEP (Fig. 3.15), and the accompanying excessive (underestimated) easterly wind is
evident in the far WP (CP) (Fig. 3.16). Therefore, the upwelling bias due to the dynamic
surface wind stress is expected to be a common problem for current state-of-the-art
CGCMs. The thermodynamic effect is also bound to influence the mean upwelling,
particularly for those with serious cold SST bias in the equatorial Pacific. Similar to
Lioyd et al. (2010), we also noticed that the air-sea coupling strength is weaker in the
majority of the studied coupled model from IPCC AR4 than their corresponding AMIP
simulations (Fig. 3.17).

Here it is also emphasized that the reduced thermocline feedback may shorten the
simulated ENSO amplitude since the ENSO amplitude is largely controlled by the
relative importance between thermocline feedback and zonal advection feedback (An and
Jin 2001; Fedorov and Philander 2000). By comparing the power spectrum of Nino-3
SSTA in two experiments (Fig. 3.18), it is seen that AMSC obtains two power spectrum

peaks, 2 years and 5 years, while the CTRL produces discrete 1-3 years peak. Further
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analysis shows that the CTRL fails to capture the discharge-recharge mode (Jin 1997; Li
1997) from the EOF analysis of SSH anomaly, but the AMSC is able to capture both the
tilt mode and discharge-recharge mode (not shown). The lead-lag correlation between the
CP zonal wind stress curl and SSH anomaly indicates that the CP zonal wind stress in the
AMSC is able to drive a shallowed thermocline with some months lag, however, it does
not in the CTRL (Fig. 3.19, Fig. 3.20). Since the discharge-recharge theory can well
explain the 3-5 period oscillation of ENSO. The failure to simulate the discharge mode in
the CTRL provides an explanation of the shortened ENSO period than the AMSC.
Atmosphere-ocean mean state bias will result in serious problems in representing the
ENSO simulation in CGCMs. Thus, a prerequisite to have reasonable and realistic ENSO
simulation is to get a realistic annual-mean state. Considerable efforts have been made to
alleviate the double ITCZ problem in current CGCMs, through modifications of
atmospheric cumulus parameterizations (Kim et al. 2008; Song and Zhang 2009), upper
ocean stratification by considering diurnal cycle effects (Danabasoglu et al. 2006), and so
on. Yet, reducing the systematic biases in CGCMs still remains a thorny and challenging

issue.
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Table 3.1 List of experiments designed in this chapter

Experiments

Descriptions

CTRL

OCN

AMSC (annual
mean SST
correction)

Fully coupled run with 100 years after 300 years
spinup

Climatological daily wind stress forcing is from
CTRL, and SWR and longwave radiative fluxes are
from the International Satellite Cloud Climatology
Project Flux Data (ISCCP-FD) (Zhang et al. 2004),
and climatological precipitation from the GPCP.
Surface winds, air temperature and specific humidity
from the National Centers for Environmental
Prediction (NCEP) in combination with ocean model
SST are used to calculate surface latent and sensible
heat fluxes.

A constant but spatially varying SST damping term is
applied to the SST equation (100 years).
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Table 3.2 List of models that participate in this study

Modeling group IPCC ID Atmospheric Oceanic
resolution resolution
CNRM, France CNRM-CM3 T63, L45 (0.5°-29>2< L31
NOAA GFDL, USA GFDL-CM21 209255 124 (0.3°-19x1°
NASA GISS, USA GISS-ER 496120 4936°L13
IAP, China FGOALS-g1.0 T42,1.26 142 L16
INM, Russia INM-CM3.0 4936 121 29055133
IPSL, France IPSL-CM4 2.533.75< L19 29231
CCSRI/NIES, Japan MIROCS3.2 (hires) T106, L56 0.290.3% L47
CCSRINIES, Japan MIROCS3.2 (medres) T42, .20 (0.5°-1.49x1.4< L43
MPI, German ECHAMS5/MPI-OM T63, L31 15155 L40
MRI, Japan MRI-CGCM2.3.2 T42, L30 (0.5°-29=2.55 .23
NCAR, USA CCSM3.0 T85, L26 (0.3°-19x1< L40
Hadley Center, UK UKMO-HadGEM1 1.3°%1.9<L38 (0.3°-19%1< L40
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Table 3.3 Quantitative evaluation of the individual coupling related to the

thermocline feedback from observations, AMSC, and CTRL.

R(u, T) R(Z20,u) R(Te,Z20) W TH
Observation 10.7 63.2 0.87 1.0 549.8
AMSC 8.1 38.4 1.02 1.13 358.5
CTRL 4.7 32.1 0.76 0.83 95.2
CTRL/AMSC 58% 84% 75% 73% 27%

Note: R(u,T): air-sea coupling strength (10 dyn cm™ <T™) measured by the linear
regression of equatorial zonal wind stress (160 E-130W, 5<5-5N) onto the Nifb-3
SSTA; R(Z20,u): thermocline depth (Z20) change (averaged over 180809V, 2°5-
2N) in response to CP (160 E-130W, 55-5N) surface wind stress forcing (m cm?
dyn™); R(Te,Z20): subsurface (60 m) temperature change in response to local

thermocline depth (Z20) change (averaged over 180280<W, 25-2N) (10" T m™);

W : mean upwelling (m day™) at 60 m averaged over 180280W, 25-2N. TH: the
intensity of the thermocline feedback. R(u, T) in observation is estimated from

ERAJ40/ERSST and other couplings are observations is from SODA2.0.2.
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Chapter 4
Predominance of the central Pacific El Nino after the late

1990s

4.1 Introduction

The interannual variability over the equatorial central Pacific (CP) has received much
attention recently that is mainly stimulated by the finding of a new type of EI Nino with
its maximum warming occurring over the CP (Larkin and Harrison 2005; Ashok et al.
2007; Kao and Yu 2009; Kug et al. 2009; Yeh et al. 2009). In contrast to the conventional
El Nifo in the eastern Pacific (eastern Pacific Warming, EPW), we refer this EI Nino as
the central Pacific Warming (CPW). This CPW has occurred more frequently, and the
intensity of the CPW has almost doubled in the past three decades together with case
2009 as the strongest CPW on record (Lee and McPhaden 2010).

Comparing with the canonical EPW, the CP-type El Nifb exerts distinctly different
impacts on worldwide climate, including a shift of anomalous equatorial convection
(Ashok et al. 2007; Weng et al. 2007; Weng et al. 2009), increased effectiveness in
causing Indian drought (Kumar et al. 2006), reducing rainfall along the west coast of
North America (Weng et al. 2007), and increased hurricane frequency in the Atlantic
Ocean (Kim et al. 2009). Understanding the mechanism causing the more frequent
occurrence of CPW remains a scientific matter of societal importance, which is also of

great importance to climate prediction and understanding future changes in ENSO.
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A recent study (Yeh et al. 2009) posed one mechanism by emphasizing the
contribution from external anthropogenic forcing. Global warming can induce weakened
trade winds (Vecchi et al. 2007) and flattened equatorial thermocline. Thus, the CP
thermocline depth will be shallower than before, which would enhance the thermocline
feedback through vertical advection effect. By investigating the CGCMs from the IPCC
ARA4, this hypothesis was further supported with the fact that the occurrence ratio of
CPW to EPW is projected to increase about 5 times under global warming (Yeh et al.
2009).

However, the uplifted thermocline does not necessitate an enhanced thermocline
feedback since mean trades are weakened so that mean upwelling could be suppressed.
However, McPhaden et al. (2011) pointed out that the change of background state in
recent decades is opposite to those expected from anthropogenic forcing. It is
characterized by enhanced trade wind and more tilted thermocline (McPhaden et al.
2011), together with the fact that global warming has leveled off (e.g., Solomon et al.
2010). But it is not well understood how the mean state change influences the El Nifd
property change. In this study, we offer a mechanism by spotlighting the importance of

decadal mean state and annual cycle change.

4.2 Data, Model and Methodology

We use several monthly mean datasets, including surface wind stress from NCEP-
DOE (National Centers for Environmental Prediction—Department of Energy) AMIP-II
Reanalysis products (Kanamitsu et al. 2002), precipitation from GPCP (Global

Precipitation Climatology Project, v2.2) (Adler et al. 2003), and SST from ERSST
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(NOAA Extended Reconstructed SST, v3b) (Smith et al. 2008). We also use a ocean
reanalysis dataset GODAS (Global Ocean Data Assimilation System) (Behringer and
Xue 2004), forced with NCEP-DEO AMIP-II surface wind stress. Due to data availability,
the study period is between 1980 and 2010. The anomalous fields are obtained by
subtracting them from climatological fields during 1980-2010. To the first-order
approximation, we interpret a rising sea surface height (SSH) as a deepened thermocline.
To detect the possible factor governing the decadal variability over the tropical basin,
we use the coupled model POEM which couples POP (v2.0) ocean model and ECHAM
(v4.6) through the coupler OASIS (v3.0). Two experiments are conducted (Table 4.1).
One is the annual mean SST correction (AMSC) run integrating for 100 years. The
AMSC is a coupled run but with a 5-day damping term to the SST equation so as to
largely eliminate the dipole SST bias problem. More details about model physics and the
AMSC experiment can be found in Chapter 2 and 3. The other sensitivity experiment
(EXP_AO) is similar with the AMSC run but with an additional annual mean SST
nudging (5-day restoring scale) over the Atlantic basin. The SST nudging term is
estimated based on the spatial pattern of SST difference between two epochs, 1999-2010

and 1980-1998 (Fig. 4.1b).

4.3 Observed El Nifp property change after the late 1990s

The terminologies in describing this new type of ElI Nifb have been diverse (e.g.,
Ashok et al. 2007; Kug et al. 2009; Kim et al. 2009; Yeh et al. 2009; Kao and Yu 2009;
McPhaden et al. 2011), and totally 10 cases in the past three decades have been identified

based on various definitions (Table 4.2). Among them there are only 4 robust cases (1994,
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2002, 2004, 2009) that exhibit quite similar evolution pattern (Fig. 4.2), and the other 6
are “disputable” cases (1986, 1987, 1990, 1991, 1992, 2001) (Table 4.2). In particular,
three out of four robust CPW occurred in the first decade of the 21st century while only
one occurred before that. Further, the intensity of the CPW is also increasing and it has
almost doubled in the recent three decades (Lee and McPhaden 2010).

Since three out of four robust CPW occurred after the late 1990s, one would wonder
whether the behavior of the leading mode of SST anomaly (SSTA) has changed. Figure
4.3 indicates that the first leading empirical orthogonal function (EOF) mode of the
tropical SSTA has indeed changed after the late 1990s with its maximum center shifting
to the CP. It largely reflects the fact that, during the latter epoch, 3 out of 4 cases are
robust CPW cases except one weak EPW event (2006).

What is the major difference between EPW and robust CPW? To address this
question, we first compare their time evolutions. Based on the fact that the EPW (CPW)
dominates over the first (second) epoch and the majority of the robust CPW occur in the
second epoch, we use the cases 1982, 1997 as EPW and 2002, 2004, 2009 as robust CPW
to make the composite analysis (Fig. 4.4). For the EPW, deepened thermocline emerges
in the equatorial western Pacific (WP) as a precursor of the EI Nifp, which then proceeds
eastward steadily. Once the thermocline anomaly reaches the CP, it propagates eastward
rapidly, ending up with a prominent warming in the equatorial EP. Through Bjerknes
(1969) feedback, the EP warming reinforces anomalous convection and surface westerly
anomalies to the west, so that the convection and westerly anomalies migrate eastward

accordingly and further feed back to the EP warming (Fig. 4.4a, b). After boreal winter,
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warm SSTA also decays from the CP to the EP so that the EP SST warming sustains for a
longer period.

By contrast, for the robust CPW, initiation of the deepening thermocline occurs in the
region near the dateline (160E-160<W). Although the maximum warming and the
deepest thermocline anomaly areas expand toward the EP slowly, both of the maxima
never reach the EP, indicating a standing feature. After boreal winter, the weak EP
warming decays abruptly while the CP warming persists till the next summer (Fig. 4.4d).
In other words, the EP warms up slowly but decays rapidly, resulting in an aborted
warming in the EP. In accord with the quasi-stationary oceanic anomalies, the enhanced
convection and westerly anomalies are trapped in the region west of 160 W without clear
eastward propagations. Compared with the EPW, this relatively westward shifted
anomalous convection and zonal wind stress anomaly (about 20 degrees of longitude) are
also apparent in Fig. 4.3c and 4.3d.

In summary, the epochal change of EI Nifb property is evident. The second epoch has
three standing CPW but only one weak EPW (2006), while the 1980-1998 period has
only one (1994) standing CPW but two strongest EPW events (1982, 1997) in the 20"
century. As such, the leading EOF mode has changed since the late 1990s and the
standing CPW becomes dominant mode, which corroborates very well with the change in
the frequency of occurrence of the robust or standing CPW events. Then, the question
arises, why the warming center tends to preferably occur in the CP and why the warming

center does not move into the EP after the late 1990s?

4.4 A new paradigm for the dominance of the CPW
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Since ocean-atmosphere mean state variation has a profound impact on ENSO
behaviors (e.g. Wang 1995; Fedorov and Philander 2000; An and Wang 2000),
investigation of mean state change may be instrumental in clarifying the basic mechanism
for the predominance of the standing CPW since the late 1990s.

Figure 4.5 portrays the mean state differences between these two epochs (1999-2009
minus 1980-1998). The SST decadal change exhibits a La Nifa-like pattern characterized
by SST cooling in the equatorial CP and subtropical eastern Pacific, and SST warming in
other regions of the Pacific domain (Fig. 4.5a). The associated mean convection is
severely suppressed in the equatorial Pacific particularly near the dateline, cohesive with
in situ enhanced trades (Fig. 4.5d). We also examine the mean precipitation (averaged
over 56-5N, 170E-130W), and results show that it are reduced about 27%. An
interesting decadal change in the annual cycle is that the equatorial SST cooling and
suppressed convection vary coherently with maximum intensity occurring in boreal
winter and spring seasons (Fig. 3b).

Considering the short studied period, the decadal mean state change may be partially
attributed to the asymmetry of ENSO extreme events [Ashok et al. 2007; Kug et al. 2009;
McPhaden et al. 2011]. To examine this possibility, we first remove two extreme EI Nifp
events (1982-83, 1997-98), and this La Nifa-like mean state change stays robust (not
shown). Further, extreme La Nif® events in the second epoch could be another candidate
to result in a similar mean state change. Here we adopt 2001-2005 as the second epoch
during which there are two ElI Nifb but without La Nife, while the epochal SST
difference still exhibits pronounced east-west SST gradient in the equatorial Pacific

although the SST cooling is not evident in the EP (not shown). In view of these evidences,
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we consider this mean state change mainly a reflection of the decadal variability rather
than due to the asymmetry of ENSO events.

How does the mean state change alter the ENSO behaviors? As is well known,
anomalous convection to a great degree depends on mean SST and low level wind
convergence (e.g., Zebiak 1986; Zebiak and Cane 1987). In association with the SST and
precipitation pattern, the mean low-level convergence is significantly reduced over the
CP (Fig. 4.5). In the first epoch, there is a weak low-level convergence over the CP (55-
5N, 170E-130W), while it shows pronounced low-level divergence in the second
epoch (Fig. 4.6). Therefore, for the anomalous convection to heat the mid-troposphere, it
has to first overcome the mean suppressed convection so that the convection-low level
convergence feedback becomes significantly weakened in the second epoch. Both the
SST cooling in the EP and enhanced zonal SST gradient in the CP are proposed to be
critical in generating the strong low-level divergence and suppressed convection (Fig.
4.5). As such, this mean state change would largely inhibit the development of anomalous
deep convection over the CP, causing the nearly stationary convection and low-level
wind anomalies confined in the WP. How the mean state change alters the location of
anomalous convection has been demonstrated in the current climate models, and the
location of convective anomaly largely determines the ability of coupled models in
successfully simulating two types of EI Nifb [Ham and Kug 2011].

In the near-equatorial region, the zonal gradient of thermocline anomaly is
approximately proportional to the intensity of zonal wind stress anomaly. Thus, the
maximum thermocline anomaly should take place in the region where surface wind

changes from westerly to easterly anomalies. In agreement with the surface wind
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anomalies, the observed maximum thermocline deepening and SST warming collocate in
the CP near 140W (Fig. 4.5d). Hence, the decadal change in the annual mean state, to
certain extent, accounts for the preferred occurrence of ElI Nifo in the CP during the
recent decade.

The westward shifted convection and surface wind anomalies directly influence the
periodicity of ENSO. The dominant period of CPW events during 1999-2010 (1-3 years)
is shorter than that of the EPW episodes during 1980-1998 (3-5 years) (Fig. 4.3e, f).
Based on the “delayed” oscillator mechanism (e.g. Suarez and Schopf 1988; Cane et al.
1990), the ENSO period mainly relies on the time of westward propagating Rosssby
waves. As seen in Fig.5 of Cane et al. (1990), the westward shifted zonal wind anomaly
shortens the distance for the westward propagation of Rossby waves, which shortens the
delay and hence shortens the period (An and Wang 2000). This mechanism is a plausible
explanation to the relatively shorter periodicity of the CPW in the recent decade.

The above argument emphasizes the favorable mean condition for the development of
El Nifp in the CP. The predominance of the standing CPW may also be understood from
another perspective, that is, EI Nifp development was not favored in the EP as evidenced
by the slow/weak development but rapid decay of SSTA in the EP (Fig. 4.5d). This is
arguably caused by the decadal change in the annual cycles of SST and associated
easterly trade winds. During boreal winter and spring, the strengthened easterlies make
the thermocline shoal to the east and deepen to the west (Fig. 4.5d). The SSH seasonal
cycle anomaly attains strongest amplitude with about —6 cm during boreal winter, which

would substantially offset the rising SSH associated with an ElI Nifp (Fig. 4.4d). This
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readily explains the slow eastward extension of the thermocline anomaly during the
onset/development phase of the CPW (Fig. 4.4d).

We further argue that the rapid decay of the EP warming for the standing CPW is
attributed to several processes. Firstly, the changed annual cycle can induce strongest
thermocline shoaling in the EP during boreal winter and spring, which can result in
conspicuous SST cooling (Fig. 4.7b). This cooling is further amplified through
intensifying easterlies because of the resultant westward SST gradients (Fig. 4.4, Fig. 4.8).
Secondly, the anomalous easterlies in the EP (Fig. 4.2d) associated with the westward
shift of the anomalous convection can also contribute to suppress the EP SST warming
because of the resultant enhanced latent heat release, upwelling and entrainment. Thirdly,
the thermocline shoaling in the CP and EP could also originate from the reflection of
oceanic Rossby waves at the western boundary and generation of the eastward
propagating upwelling Kelvin waves. After the peak El Nifp, the equatorial westerly
anomalies are reduced dramatically with their maximum center migrating to the south of
the equator (Fig. 4.8) due to the annual cycle change. Consequently, the east-west
anomalously tilted thermocline cannot sustain itself, prompting the eastward propagation
of upwelling Kelvin wave. This is consistent with “delayed” oscillator mechanism (e.g.
Suarez and Schopf 1988; Cane et al. 1990).

For the CPW, the damping mechanism of the CP SST warming is different from that
in the EP. The eastward propagation of upwelling Kelvin waves can induce westward
geostrophic current by altering the meridional gradient of thermocline anomaly.
Associated with the cold zonal advection, this westward current was demonstrated to

dominantly determine the decay of the CP warming (Kug et al. 2009). An EOF analysis
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of SSH anomaly during the second epoch is performed (Fig. 4.9), and the first two modes
are in sharp contrast with those during the first epoch, 1980-1998 (Fig. 4.10). The EOF-1
mode represents the SSH anomaly pattern during ElI Nifp peak phase, with most
deepened thermocline over the CP (Fig. 4.9a). Interestingly, a weak westward current is
seen near the dateline. We note in particular that the second EOF mode of SSH anomaly
closely resembles the eastward propagation of upwelling Kelvin waves and the resultant
westward current effect (Fig. 4.9b), which has maximum correlation with EOF-1 mode

with a 6-month lag.

4.5 Possible mechanism for the La Nina-like mean state change

Since the La Nifa-like mean state change plays the key role in driving the El Nifp
behavior change in the recent decade, the question arises as to whether this La Nifa-like
decadal pattern is driven by external anthropogenic forcing or internal natural variability.
The majority of climate model experiments suggest that increasing greenhouse gases
forcing leads to an El Nifb-like global warming together with a weakening Walker
circulation (e.g. Vecchi and Soden 2007). Analysis of observed SST for the second half
of the 20th century, during which major global warming took place and observations are
relatively reliable, indicates that different SST datasets yield a consistent El Nifp-like
global warming (Fig. 4.11), which seems to corroborate the model results. Hence we
advocate that the recent La Nifa-like pattern is a manifestation of natural multi-decadal
variability.

Besides the La Nina-like pattern over the Pacific domain, it is found that the Atlantic

Ocean shows a simultaneous basin wide warming (Fig. 4.1a). Exploring the Atlantic
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Multi-decadal Oscillation (AMO) index also reveals that it changed from a negative to a
positive phase during around 1995-96, so that the basin wide warming in the Atlantic
Ocean in the recent decade may represent the contribution from the AMO. We
hypothesize that the basin-wide warming in the Atlantic Ocean is responsible for driving
the La Nina-like pattern.

To test this hypothesis, we compare the annual mean state difference between the
EXP_AO and AMSC (Fig. 4.12). The Pacific La Nina-like pattern is well reproduced
with SST cooling over the equatorial Pacific and SST warming over the subtropical
region, although the equatorial maximum cooling (—0.4<C) displaces westward compared
with observations. The resultant low level easterly wind and suppressed precipitation are
also apparent over the WP (Fig. 4.12), consistent with observations. Further exploring the
seasonal mean state difference reveals that this La Nina-like pattern is most prominent
over boreal winter (Fig. 4.13). Therefore, the Atlantic Ocean warming provides one
possible mechanism for the formation of the decadal La Nina-like pattern over the Pacific
domain.

The influence of Atlantic Ocean SST change on the Pacific climate has been
extensively studied in previous studies (Wu et al. 2005; Timmermann et al. 2007; Zhang
and Delworth 2007; Xie et al. 2008). Wu et al. (2005) demonstrated that the SST
warming in the Atlantic Ocean can drive a cross-equatorial wind over the EP with
southeasterly to the south of the equator and southwesterly to the north of the equator.
With the aid of wind-evaporation feedback and ocean dynamics, this cross-equatorial
wind tends to cause a dipole SST pattern in the EP, SST warming (cooling) to the north

(south) of the equator. But this dipole SST pattern is asymmetric about the equator with
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the southern cooling much stronger (Fig. 3a in Wu et al. 2005), which further intensifies

during the following season associated with Bjerknes (1969) feedback.

4.6 Summary and Discussion

After the late 1990s, EI Nifb events are observed to occur preferably in the CP with a
standing character and shortened periodicity. We describe this type of El Nifb as
standing CPW or robust CPW. We offer a new mechanism by ascribing this EI Nifp
property change to mean state variation characterized by a La Nifa-like pattern. Firstly,
this mean state change characterized by a La Nifa-like pattern displaces the anomalous
convection and zonal wind stress anomalies westward to the vicinity of the dateline,
facilitating the SSTA to appear in the CP rather than the EP. Secondly, the associated
annual cycle change largely determines the slow development but rapid decay of the EP
SST warming, providing an unfavorable condition for EI Nifp to form in the EP.

Hence we advocate that the recent La Nifa-like pattern is a manifestation of natural
multi-decadal variability, and we anticipate more CPW events in the coming decades if
the La Nifa-like pattern would persist. Based on observational and numerical results, we
advocate that this La Nina-like mean state change can be driven by the simultaneous
Atlantic basin wide warming. Further, the Atlantic basin wide warming is closely linked
to the AMO with a typical 60 years period. The changes in ElI Nifb intensity and

periodicity have important ramifications on climate predictability.
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Table 4.1 Cases of this new type of El Nifp for different definitions.

El Nifo Modoki | Warm Pool EI | CPW CP Warming | CPW
(Ashok et al., Nifp (Yehetal, (Kimetal., (McPhaden et al.,
2007) (Kug etal., 2009) 2009) 2011)

2009)
86,90, 91,92, |90,94,02,04, |90,94,01,02, |91,94,02, 87,94, 02, 04, 09
94, 02, 04, 09 09 04, 09 04, 09

Table 4.2 List of experiments designed in this chapter

Experiments

Descriptions

AMSC (annual
mean SST
correction)

AO_EXP

A constant but spatially varying SST damping term is
applied to the SST equation (100 years).

Similar with the AMSC run but with an additional
annual mean SST nudging (5-day restoring scale)
over the Atlantic basin (Fig. 4.1b).
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Chapter 5
Dynamics and Predictability of the western North Pacific

Subtropical High

5.1 Introduction

The North Pacific subtropical high (SH) (or anticyclone, AC), covering one third of
the northern hemisphere subtropics, is a primary atmospheric circulation system during
boreal summer. An enhanced WNP SH (WNPSH) can suppress convection in the WNP
monsoon trough (Nitta 1987), causing pluvial Meiyu/Baiu in East Asia (Huang and Wu
1989), reducing in situ typhoon activity (Wang and Chan 2002), and causing deficient
summer rainfall over the Great Plains of the United States (Wang et al. 2001; Lau and
Weng 2002). Opposite situations occur when the WNPSH is weak. Understanding the
mechanism and predictability of the WNPSH is a scientific matter of societal importance.

It has been traditionally thought that an enhanced WNPSH occurs during EI Nifp
decaying summer (Wang and Zhang 2002). What causes the enhancement of the WNPSH
after a peak EI Nifp remains debatable. Local air-sea interaction between the AC and sea
surface cooling has been suggested as a maintenance mechanism (Wang et al. 2000; Lau
and Nath 2003; Wang et al. 2003), but the positive feedback seems to weaken from the
spring to summer. Since the Indian Ocean (10) warming trails a peak El Nifo, it has been
proposed that the 10 warming may change the WNPSH (Wu and Liu 1995). This view
has been augmented by some recent studies (Yang et al. 2007; Li et al. 2008; Kim et al.

2009b; Xie et al. 2009; Chowdary et al. 2010; Wu et al. 2009). However, a puzzle is that
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the summer 10 warming often results from atmospheric forcing without locally enhanced
precipitation (Lau and Nath 2000; Wang et al. 2005). Thus, the cause-and-effect
relationship between the WNPSH and the 10 warming needs re-evaluation. Sui et al.
(2007) and Chung et al. (2011) argued that the fluctuation of the WNPSH can be
separated into two oscillations, one is 2-3 years and the other is 3-5 years. The 2-3 year
oscillation is mainly driven the maritime continent heating and the 3-5 year oscillation is
forced by the local SSTA in the WNP. However, it is not clear about the physical
explanation of the period selection for these two different forcing effects.

First, we point out that more than half of the strong anomalous WNPSH cases do not
concur with decaying El Nifo and 10 warming. Similar to Sui et al. (2007), we measure
the strength of WNPSH by an index defined by the 850 hPa geopotential height (H850)
anomaly averaged in the region (15N-25N, 115E-150E), where maximum interannual
variability is located (Fig. 5.1a). Figure 5.1b shows pronounced interannual variation of
the WNPSH index. Among 9 strong WNPSH events (1980, 1983, 1987, 1988, 1993,
1995, 1996, 1998, and 2003), only 4 (1983, 1988, 1995, and 1998) concurred with El
Nifp decay (Fig. 5.2) and 5 (1983, 1987, 1988, 1998, and 2003) concurred with 10
warming (Fig. 5.3). This suggests a necessity for broadening our conventional thinking

on the causes of the WNPSH variation.

5.2 Data and Methodology

Several datasets are used in this study, including 1) monthly mean SST from NOAA
Extended Reconstructed SST (ERSST,v3b) (Smith et al. 2008); 2) monthly mean

precipitation from Global Precipitation Climatology Project (GPCP, v2.1) datasets (Adler
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et al. 2003); and 3) monthly mean 850 hPa wind, geopotential height and sea level
pressure from National Centers for Environmental Prediction—Department of Energy
(NCEP-DOE) Reanalysis 2 products (Kanamitsu et al. 2002). We also use Joint Typhoon
Warning Center (JTWC) “best track” data to estimate the positions of TS
(www.npmoc.navy.mil/jtwc.html). The “best track” data for TS positions are first

transformed into an area-averaged TS frequency at 5X5 degree point. The TSDs are then

defined as the averaged TS occurrence divided by 4 since the “best track™ data for TS
positions are reported every 6 hours. Ocean surface latent heat fluxes (1979-2009) is from
objectively analyzed air-sea fluxes (OAFIux) (Yu and Weller 2007). Summer (July-
August, JJA) anomalies are calculated by the deviation of JJA mean from the 31-year
climatology (1979-2009).

Two atmospheric models, the ECHAM4 model (Roeckner et al. 1996) with T42
resolution in the horizontal and 19 levels in the vertical and an intermediate atmospheric
model (Fu and Wang, 1999; Wang and Li 1993, also referred to as WLF model) are
adopted in this study. Two sets of experiments are carried out by using ECHAM4 model.
One is a control run (20-yr) forced with observed climatological SST and sea ice, and the
other is a sensitivity experiment (20 ensemble members) with imposed cold SSTA (red
contour lines in Fig. 5.7d) in the WNP during JJA (Xiang et al. 2011).

The north Atlantic Oscillation (NAO) index used in this study is defined by the
difference of the normalized sea level pressure (SLP) anomaly (zonal averaged from
80W to 30E) between 35N and 65N over the North Atlantic sector (Li and Wang
2003). The cross validation method (Michaelsen 1987) is used to make a re-forecast of

the WNPSH intensity by using the three predictors. The cross-validation method
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systematically deletes 3 year from the period 1979-2008, derives a forecast model from

the remaining years, and tests it on the deleted cases.

5.3 Results

5.3.1 Dynamics controlling the variability of the WNPSH

A WNPSH positive index represents an enhanced AC centered at (20N, 140E),
with suppressed rainfall to its southeast flank and above-normal rainfall to its northwest
and southwest (Fig. 5.1c). In fact, both the first and second empirical orthogonal
functions of the Asian summer precipitation are significantly correlated with the WNPSH
index with r= 0.58 and 0.56, respectively (Fig. 5.4). The abundant rainfall in the
subtropical East Asia (the Chinese Meiyu, Japanese Baiu, and Korean Changma),
corresponds to a strong East Asian Summer Monsoon, which can be measured by the
leading principal component of the precipitation and East Asian circulation (Wang et al.
2008). The WNPSH index is highly indicative of the EASM intensity with a correlation
coefficient r=-0.92 (Fig. 5.5a). Further, an enhanced WNPSH signifies reduced tropical
storm days (TSDs) over the WNP and East Asian coastal zones (Fig. 5.5b) as evidenced
by the significant correlations between the WNPSH index and the total number of TSDs
occurring over the subtropical WNP (r=-0.73) and the landing TS over the East Asian
coastal zones (r=-0.66) for 1979-2009 (Fig. 5.5a). Therefore, understanding the
mechanisms and predictability of the WNPSH has critical implication in improving the
prediction of the TS over the WNP.

To unravel the origin of the WNPSH fluctuation, we first identify the major modes of

the variability. An empirical orthogonal function (EOF) analysis of H850 reveals two
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leading modes that are statistically distinguished from each other and other modes; they
account for 31.2% and 20.9% of the total variance over the entire Asian-Australian
monsoon region. The EOF-1 is characterized by an intense southwest-northeast oriented
WNPSH, which concurs with suppressed rainfall on its southeast flank and enhanced
rainfall in the equatorial Pacific and the subtropical East Asia (Fig. 5.6).

How can this mode sustain itself given the chaotic nature of the atmospheric motion?
A clue lies with the coexistence of an enhanced WNPSH and a dipolar SST anomaly
(SSTA), i.e., the cooling to the southeast of the AC in the WNP and the warming to the
southwest of the AC over the northern 10 (NIO) (Fig. 5.6¢). This “coupled” pattern
suggests a positive feedback between the WNPSH and underlying Indo-Pacific dipole
SSTA.

At the southeast of the AC, anomalous northeasterlies tend to cool the ocean surface
by strengthening mean easterlies, thereby enhancing evaporation and entrainment (Fig.
5.7). The resultant ocean surface cooling along with the southward dry advection would
in turn reduce in situ precipitation heating, hence generating descending Rossby waves
that reinforce the AC in their westward decaying journey (Wang et al. 2000). Numerical
experiments with an atmospheric general circulation model forced by the SST cooling in
the WNP can reproduce realistic precipitation and H850 anomalies (Fig. 5.6d). Note that
during boreal summer, even a moderate-magnitude SST perturbation can induce
prominent precipitation anomaly in the WNP, but with boreal spring mean state the same
SST cooling cannot replicate the observed WNPSH anomaly (Fig. 5.8).

To the southwest of the AC, the easterly anomalies associated with the WNPSH ridge

extend from the South China Sea to the NIO (Fig. 5.6¢), which weakens southwest
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monsoon and suppresses monsoon precipitation/cloudiness, thereby warming the NIO
through reduced surface latent heat flux (Du et al. 2009) and increased insulation. Then
how does the NIO warming feed back to the WNPSH without anomalous precipitation
(Fig. 5.6a)? If there were no local warming, the Indian monsoon rainfall would be
deficient due to the subsidence associated with the WNPSH ridge (Chowdary et al. 2010).
A deficient monsoon would weaken the WNPSH by exciting low-level equatorial
westerlies over the western Pacific (Kelvin wave response) and generating off-equatorial
cyclonic shear vorticity over the Philippine Sea (Gill 1980). Thus the NIO warming tends
to increase local rainfall (albeit invisible), offsetting the otherwise deficient rainfall and
indirectly sustaining the WNPSH.

Therefore, we refer to the EOF-1 mode as an 10-WNP anticyclonic coupled mode,
and the local cold SSTA in the southeast flank of the anticyclone acts as a critical
component of this coupled system. This system can be self-maintained associated with
the increases wind speed and enhanced latent heat flux especially to the southeast flank of
the AC (Fig. 5.9). However, we do not preclude some other processes that may also
contribute to this cold SSTA, for example, as a persisted cold SSTA from boreal spring
(Wu et al. 2010), cold SSTA migrating from the north Pacific (personal communication
with Tim Li).

The EOF-2 features an anomalous high pressure in the WNP and low pressure over
the tropical 10 and maritime continent (Fig. 5.10a). The anticyclonic ridge tilts in a
northwest-southeast orientation, and the associated suppressed convection extends from
the Philippine Sea to the equatorial western Pacific. The enhanced AC is concurrent with

a notable cooling in the equatorial central Pacific (Fig. 5.10c). In fact, the majority of the
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enhanced SH cases are in accord with developing or persisting La Nifa events (1988,
1995, 1996, 1998, 1999, 2000, 2007, and 2008), while the weakened AC cases concur
with El Nifo development over the central Pacific (1982, 1986, 1997, 2002, and 2004)
(Fig. 5.10b).

The central Pacific cooling can reinforce the WNPSH through shifting the Walker
cell, thus reducing convection in the equatorial western Pacific (around 160<E) and
increasing convection over the maritime continent (Fig. 5.10a). The suppressed
convection around 160<E can directly boost the WNPSH by emanation of descending
Rossby waves (Gill 1980; Terao and Kubota 2005). The reinforced maritime continental
convection can also enhance the WNPSH via drawing equatorial easterlies over the
western Pacific, which generates off-equatorial anticyclonic shear vorticity over the
Philippine Sea. These explanations are confirmed by numerical experiments with an
intermediate atmospheric model: Both the reduced heating in the equatorial western
Pacific and enhanced heating over the maritime continent can generate anticyclonic
vorticity over the WNP (Fig. 5.11). With the aid of boundary friction, this negative
vorticity can induce boundary layer divergence, which, in the presence of moisture
feedback, would further suppress convection and reinforce the WNPSH anomaly.
Different from Sui et al. (2007) and Chung et al. (2011), here we emphasize the
importance of the forcing from the equatorial central Pacific rather than the maritime
continent heating. There are two reasons. Firstly, the SST warming in the maritime
continent can be a part of La Nina forcing, at least partly. Secondly, the central Pacific
cooling induces more stronger low-level vorticity over the WNP (Fig. 5.11) and can

explain the southeast-northwest tilt structure in EOF-2.
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5.3.2 Predictability of the WNPSH

The interannual variation of the WNPSH intensity can be faithfully reconstructed by
using the two principal components (PCs): (1.226>PC-1+1.245>PC-2), which together
account for about 88% of the total variance of the WNPSH (Fig. 5.12a). Interestingly, the
EOF-2 is more closely correlated (r= 0.73) with the WNPSH index than the EOF-1 mode
(r=0.60), suggesting the importance of the central Pacific SST forcing.

Skillful prediction of the WNPSH is of utmost importance to the seasonal forecast of
the Asian-Pacific climate. Encouraged by the successful reconstruction with these two
modes, we built a physics-based empirical model for prediction of the WNPSH intensity:

WNPSH=1.756>SSTA (I0-WNP)—0.435*ENSOjeyeiop—0.282>NAQI (1)

where SSTA (I0-WNP) represents the SSTA difference between the 10 (10<S-10<N,
S50E-110E) and the WNP (0215N, 120E-160E) during April-May, ENSOgevelop
denotes the May-minus-March SSTA in the central Pacific (55-5N, 170W-130W),
and NAOI is North Atlantic Oscillation index (Li and Wang, 2003) in April-May. The
IO-WNP dipole SSTA is significantly correlated with EOF-1 mode (r= 0.76), whereas
the ENSOgevelop and NAOI are significantly correlated with EOF-2 mode (r=—0.52 and r=
—0.41, respectively). The selection of NAOI is based on recent studies that identify NAOI
as a complementary predictor for East Asian-WNP summer monsoon (Wu et al. 2009;
Gong et al. 2011). Physically, the NAOI foresees the equatorial Pacific SSTA, which
links to EOF-2. The physical linkage between these three predictors and the WNPSHI is
illustrated in Fig. 5.13. The coefficient of each predictor is determined based on

multivariate regression method. The simulation using equation (1) reproduces the
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WNPSH index with a high correlation (r= 0.81) (Fig. 5.12b). To test the predictive
capability of this model, a cross-validation method (Michaelsen 1987) is used to re-
forecast the WNPSH index (1979-2009) by choose a leaving-three-out approach
(Blockeel and Struyf 2002). The correlation coefficient between the observation and the
31-year cross-validated estimates of the empirical model is 0.75 (Fig. 5.12b).

As a comparison, we have also assessed the performance of three state-of-the-art
coupled climate models in seasonal hindcast of the WNPSH index for the 24-year period
during 1982-2005. These models have participated in the APEC Climate Center/Climate
Prediction and its Application to Society (CIiPAS) project (Wang et al. 2009; Lee et al.
2011) (Fig. 5.14). The results indicate that the physical-empirical model yields a
comparable skill with the state-of-the-art dynamical models (r varies from 0.73 to 0.80).
Similarly, by using these three factors, we examined the hindcast skill of this empirical
model for the WNP TSDs and landing TS to the east Asia. The correlation can reach 0.60,
0.54 with observations, respectively. Since the predictors can be easily monitored in real
time, this empirical model can be used in operational forecasts without relying on pre-

forecasted SST.

5.4 Summary and Discussion

The WNPSH has profound impacts on Asian summer monsoon, North Pacific storms
and North American summer rainfall. Skillful prediction of the WNPSH is of utmost
importance to the seasonal forecast of Asian-Pacific climate, especially the strength of
East Asian summer monsoon and the tropical storms days affecting East Asian countries.

Here we show that the variation of the WNPSH is primarily determined by a remote
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cooling/warming in the equatorial central Pacific and a positive thermodynamic feedback
between the local circulation and a dipole sea surface temperature in the Indo-Pacific
warm pool. A surprise is that an empirical model established based on the characteristics
of these two processes can capture about 88% of the intensity variation at the WNPSH
action center. We demonstrate that a physical-empirical prediction model built on these
physical understandings has comparable performance with those of three state-of-the-art
coupled climate models in re-forecast of the strength of the WNPSH for the period 1979-
2009. These results have important implications for predicting East Asian summer
monsoon and WNP tropical storms.

Some previous studies emphasized the importance of the 10 warming on the
maintenance of the WNPSH. In this study, we prefer to regard that the IO warming
provides a precondition for the development of the WNPSH, while it is not essential in
driving the anomalously suppressed precipitation and the associated high pressure over
the WNP. By comparing two experiments with and without boreal summer mean flow,
the easterly anomaly is weaker in the NIO for the case without mean flow (Fig. 5.15).
This is due to the strong mean easterly shear in the NIO during boreal summer, which can
enhance the low level Rossby wave response (Wang and Xie 1996). From this point of
view, the NIO warming, to some degree, reflects the remote forcing effect from the
intensified WNPSH.

The mechanisms revealed in this study bear important implications for better
understanding and prediction of the East Asian summer monsoon and Pacific tropical
storm activity. However, we have noticed the non-stationary nature of interannual

variation of the WNPSH. The EOF-1 has weakened since the late 1990s (Fig. 5.6b). This
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is likely a consequence of the prominent warming in the western Pacific that is hostile for
developing the interannual cooling to the southeast of the AC (Fig. 5.16) and deteriorates
the positive thermodynamic feedback that sustains the AC. It is also noted that the
interannual variability is much weaker before the mid-1970s (Fig. 5.17). These aspects of
interdecadal variability call for further investigations of the potential roles of the natural

variability and external anthropogenic forcing.
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Chapter 6
Summary and Future Work

6.1 Summary

6.1.1 Mean SST bias in the newly developed coupled model POEM

We have build a coupled model, namely POEM, which couples the POP (v2.0) ocean
model and ECHAM (v4.6) atmospheric model through the coupler OASIS (v3.0). The
main purpose to develop this coupled model is study the dynamics and interactions
among ENSO, monsoon and MJO. This model has produced reasonable boreal summer
monsoon system and MJO simulation both in boreal summer and winter. Thus it provides
a potential to have intraseasonal and seasonal forecast.

However, this model suffers serious double ITCZ problem. The counterpart of the
double ITCZ problem in SST exhibits an excessive cold tongue extension and warm SST
bias over the SEP. The warm SST bias over the SEP tends to be mainly caused by the
errors in simulating low-level clouds (e.g. Ma et al. 1996) and the marine boundary air-
sea feedbacks. The cold SST bias over the equatorial Pacific can reach —0.4<C which is
attributed to two different processes. The first one is due to the deficiency of ocean
dynamics (likely related to upwelling and turbulent mixing) which can produce —1.5<C
equatorial cooling. The second is associated with the heat flux bias from the atmospheric
model. This heat flux bias can also induce a significant cold SST bias (about —1.5<C) but

with its maximum center shifting westward to the WP. It provides two different
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directions to alleviate this problem which still remains a common and challenging

problem for the majority of current CGCMs.

6.1.2 Reduction of the thermocline feedback associated with mean SST bias in ENSO
simulation

Based on three experiments, we demonstrated that the thermocline feedback is
grossly suppressed in the fully coupled run (CTRL), which is only 27% of that in a
sensitivity experiment with annual mean SST correction (AMSC). The underestimated
thermocline feedback is explained through four different underestimated processes, the
air-sea coupling strength, wind-thermocline feedback, thermocline-subsurface
temperature coupling and mean upwelling. All these processes can be explained by the
dipole SST bias pattern. Firstly, excessive cold tongue extension tends to push the
anomalous convection westward, and the amplitude of anomalous convection is also
reduced because of the cold SST bias-induced less low-level moisture and its
convergence. Therefore, the surface wind in response to SSTA becomes weaker.
Secondly, in the CTRL, zonal wind anomaly mainly results from zonal SSTA gradient
instead of anomalous convection, which exhibit weak meridional gradient structure. This
meridionally uniform pattern of zonal wind stress is arguably responsible for the
weakened wind-thermocline feedback. Thirdly, the equatorial cold SST bias is able to
enhance turbulent mixing so that the stratification is reduced at the bottom of the mixed
layer. The same magnitude of thermocline fluctuation can induce less subsurface
temperature anomaly associated with the weakened stratification so that the thermocline-

subsurface temperature coupling is underestimated. Finally, both dynamic and
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thermodynamic effects associated with the dipole SST bias pattern contribute to a
weakening mean upwelling over the equatorial Pacific. The dipole SST bias
underestimates the mean upwelling through (a) undermining equatorial mean easterly
wind stress, and (b) enhancing convective mixing and thus reducing the upper ocean
stratification, which weakens vertical shear of meridional currents and near-surface

Ekman-divergence.

6.1.3 Predominance of the central Pacific EI Nino after the late 1990s

In recent decades, EI Nifp events have occurred more frequently over the equatorial
central Pacific (CP). This location shift from the eastern Pacific (EP) to the CP largely
alters its conventional atmospheric teleconnection pattern as well as its global climate
impacts. Global warming has been proposed to be one mechanism responsible for this
location shift associated with the weakening trade winds and the flattening of the
equatorial thermocline (Yeh et al. 2009]. Here, we show that since the late 1990s the
standing CPW becomes a dominant mode, but the trade winds have strengthened and the
equatorial thermocline slope has increased. We ascribe this predominance of the standing
CPW to a dramatic decadal change in the Pacific mean state and annual cycle. The mean
state change characterized by a decadal La Nifa-like pattern tends to anchor convection
and surface zonal wind anomalies to the vicinity of the dateline, facilitating surface
warming to occur in the CP. The annual cycle change, with the trade winds intensifying
during boreal winter and spring, prevents the warming development but helps the
warming decay in the EP. Based on a sensitivity experiment, we demonstrated that the La

Nina-like pattern could be a result of the decadal/multidecadal Atlantic Ocean warming.
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More CPW events are expected in the coming decade if the La Nifa-like global warming

pattern would persist.

6.1.4 Dynamics and predictability of the WNPSH

At the western edge of the SH, the WNPSH shows strong interannual variability that
exerts profound impacts on the Asian-Pacific climate and tropical cyclone activities.
Investigation of its mechanisms and practicability is a scientific matter of societal
importance. By using an EOF analysis, we unveil that two different mechanisms are
proposed to be dominantly responsible for the pulse of the WNPSH. One is associated
with the remote forcing associated with the central Pacific cooling, and the other is
related to a local thermodynamic feedback in the Indo-Pacific warm pool region. These
two processes can account for 88% of the total variance of the WNPSH. Based on these
results, we built an empirical model which has high prediction skill comparable to that in
three state-of-the-art coupled climate models. This study also provides potential

implications for the prediction of the WNP TDs and landing TS.

6.2 Future Work

| plan to further work on three issues related to this dissertation.

1) Alleviating the mean SST bias in the POEM coupled model. The excessive SST
warming in the SEP is usually a result of the simulated deficient low-level clouds and
the associated local air-sea feedbacks. We can find that both the ocean and

atmospheric models contribute about half-half of the excessive cold tongue extension
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2)

3)

problem. It implies that we need to work on two different aspects to alleviate this SST
bias, while 1 also realize this is a very challenging and long-term project.

We provide one possible mechanism of the predominance of the CPW in recent
decades. We admit both the frequency and intensity changes are not statistically
significant by only focusing on the recent three decades. Thus, we plan to investigate
the historical SST data and coupled model simulations to test our current hypothesis
of the CPW and mean state relationship. Especially, we will conduct some sensitivity
experiments by using the coupled model POEM to test whether an imposed La Nina-
like pattern will help produce more CPW events. Another sensitivity experiment can
be done is to study its development for an initial SST warming perturbation with
different background mean state.

We will investigate what causes the anomalous SST cooling in the southeast flank of
the WNPSH, due to local thermodynamic feedback, mid-latitude forcing or as a cold
SSTA persisting from boreal spring to boreal summer? Further ,the first two leading
EOF modes of H850 are not evident during the period of 1948-1979, and the intensity
of the WNPSH has increased significantly after the late 1970s. We aim to further
investigate the possible reasons for this decadal variability. Our hypothesis is related
to the fact that after the late 1970s, the majority of the ENSO is emerging from the CP
which has more direct impacts on the WNP. Further, the local thermodynamic
feedback is also suggested to be enhanced. Both these two processes are arguably to
control the decadal intensity change of the WNPSH. Another future work is to
investigate the hindcast model performance in simulating the 10-WNP anticyclonic

mode, ENSO developing mode and NAO mode which are closely related to the

73



prediction of the WNPSH. In terms of WNPSH prediction during boreal summer
(JJA), we will further study its prediction skill with one month lead and we expect

that the empirical model can achieve better prediction skill than the dynamical models.
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APPENDIX: FIGURES

Chapter 1

a) Global Mean Temperature anomaly
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Figure 1.1 a) Global mean temperature anomalies (<C) derived from HadCRUT3
[Brohan et al., 2006]. b) Equatorial (2<5-2N) SSH difference (cm) between the two
epochs, 1999-2010 minus 1980-1998. Here the change of SSH signifies the change in
thermocline depth. The orange lines mark the edge of the central Pacific where the
maximum SST warming occurs but the thermocline depth becomes even deeper after

the late 1990s.
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Chapter 2

Model Development

POEM (POP-OASIS-ECHAM Model)
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Figure 2.1 Component of the coupled model POEM.
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Figure 2.2 Left panel: Time-mean SST (<C) from a) ERSST, b) CTRL, and c)
CTRL-ERSST difference. Right panel: Time-mean precipitation (mm day-1) from d)

GPCP, e) CTRL, and f) CTRL-GPCP difference.
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Figure 2.3 Boreal summer (JJA) mean precipitation (mm day™) from a) GPCP, b)
POEM. The red boxes represent three major monsoon systems, the Indian Summer

monsoon, the equatorial eastern Indain Ocean, the western North Pacific monsoon.
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Figure 2.4 The first 3 leading EOF modes of boreal summer (JJA) precipitation from

GPCP. a), b), c) are the corresponding spatial pattern of these three modes. The time

series are shown in the lower right panel.
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Figure 2.5 Same as Fig. 2.4 but from POEM.
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Figure 2.6 Percentage of the variance of 20-100 day bandpass filtered zonal wind (850
hPa) to the total variance from ERA40 (upper panel) and POEM (lower panel). The
left panel is for boreal winter (Nov-Apr) and the right panel is for boreal summer

(May-Oct).

97



ERA40 POEM

a) 1st mode (13.05%) a) 1st mode (9.19%)

Latitude (Deg)

Longitude (Deg) Longitude (Deg)

Figure 2.7 The first four leading EOF modes of 850 hPa zonal wind with 20-100

bandpass filtering during boreal winter. The left panel is from ERA40 and the right is

from POEM.
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Figure 2.8 The same as 2.7 but for boreal summer season.
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Figure 2.9 Wavenumber-frequency spectra of 10N-10N averaged 850 hPa zonal wind
(m? s2) for the ERA40 (upper panel) and POEM (lower panel). The left panel is for

boreal winter season and the right panel is for boreal summer season.
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Figure 2.10 a) time-mean SST difference (<C) between a) CTRL and observations, b)

OCN_obs and observations, ¢) CTRL and OCN.
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Figure 2.11 Equatorial (55-5N) heat flux (upper panel in W m™) and surface wind
stress (lower panel in N m™) from observations (solid), AMIP (dashed) and CTRL
(circle). In the upper panel, red line/circle represents the shortwave radiation and blue
line/circle denotes the latent heat flux. The corresponding black line/circle shows the

net heat flux.
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Figure 2.12 Time mean SST difference between OCN and OCN_obs experiments.
Surface wind stress difference is shown as vectors (only shown when magnitude

greater than 0.15 dyn cm™).

103



Chapter 3
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Figure 3.1 a) Horizontal map of the annual mean SST correction term (units: <C per 5
days), time-mean b) SST bias (AMSC-ERSST) and c) precipitation bias

(AMSC-GPCP) for the AMSC run.
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Figure 3.2 Standard deviations of SSTA (<C) from a) ERSST, b) CTRL, ¢) AMSC, d)

the ration of CTRL-AMSC and AMSC (percent).
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Figure 3.3 Precipitation (shading in mm day™ <) and surface zonal wind stress

(contours in 102 Nm? <) anomaly regressed onto Nifb-3 index from a)

GPCP/ERA40, b) CTRL, and c) AMSC. By using a dry AGCM, the right panel (d-f)

shows the low level wind response (contours in m s') to the prescribed

mid-tropospheric forcing with the same regressed precipitation pattern from the left

panel.
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Figure 3.4 a) Time-mean 1000 hPa wind speed (m s™) for AMSC, b) Time-mean 1000

hPa wind speed difference between CTRL and AMSC.
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Figure 3.5 Thermocline depth (Z20) anomaly regressed onto equatorial zonal wind

stress anomaly averaged over 160E-130W, 5-5N (in m cm? dyn™) for the a)

CTRL, b) AMSC. Zonal wind stress anomaly regressed onto equatorial zonal wind

stress anomaly averaged over 160 E-130<W, 5<5-5N for the ¢) CTRL, d) AMSC.
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Figure 3.6 Equatorial (25-2<N) temperature anomaly (shading in <C m™) regressed
onto equatorial thermocline depth anomaly averaged over 180<280<W, 2<5-2N for
the a) CTRL, b) AMSC, c) CTRL-AMSC. Contours in the a), b) are the corresponding

climatological temperature. Contours in c¢) is the climatological temperature
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Figure 3.7 Time-mean equatorial (25-2<N) upwelling (shading in m day™) from a)

CTRL, b) AMSC, and ¢) CTRL-AMSC difference.
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Figure 3.8 @) Time-mean equatorial (55-5N) zonal wind stress (dyn cm) from the
CTRL (black) and AMSC (red). b) Time-mean differences between CTRL and AMSC
of SLP (shading in Pa) and surface wind stress (vectors with magnitude greater than

0.1 dyn cm™), c) same as b) but for precipitation (shading in mm day™) and 850 hPa
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111



a) SST ( CTRL — OCN) b) MLD (CTRL — OCN)
_ . 20°N ] ] I l ]

=l

o

20°N

10°N 10°N

o° 0°
10°S 10°S KL
140°E 180° 140°W 100°wW 60°W 140°E 180° 140°W 100°W 60°W
c) W (CTRL — OCN)
0 1 1 1 1 1 1 1 1 0.7
i h | PSos
: 05
40 - o4
i | o3
02
80 - o1
- - o
120 - !
-02
1 B 0.3
160 - I
! 0.5
T - B 0.6
200 T T T T -0.7

T T T T
140°E 180° 140°W 100°wW 60°W

Figure 3.9 a) Time-mean difference of a) SST (<C), b) mixed layer depth (m), and c)

equatorial (2<5-2<N) mean upwelling (m day™) differences between CTRL and OCN.
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Figure 3.11 Time-mean meridional currents (cm s™) averaged over the upper 30 m
from a) CTRL, b) OCN. Vertical-Longitudinal diagram of time-mean meridional
currents from c¢) CTRL, d) OCN. Contours in d) indicates the corresponding

meridional currents difference between CTRL and OCN.
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Figure 3.12 Time-mean horizontal viscous stress (cm?®s) along @) 2.8N and b) 2.8S.
The black and red lines indicate the results from the CTRL and OCN experiments,

respectively. The green line shows the difference between CTRL and OCN.
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Figure 3.13 Estimated meridional Ekman currents (cm s™) from CTRL (black) and
OCN (red) along 2.8<5 and 2.8N, based on the zonal viscous stress shown in Fig.

3.12.
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Figure 3.14 Thermal damping measured by the monthly heat flux anomaly regressed
onto Nifbp-3 SSTA for observations (upper), CTRL (middle) and AMSC (bottom). The
left panel is for net heat flux, the middle for solar radiation and right panel for latent

heat flux. Units: W/m?/C.
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Figure 3.15 The SST bias (C) from 12 CGCMs in comparison to the ERSST

climatology. The period 1980-1999 is chosen to be consistent with the AMIP run.
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Figure 3.16 The equatorial (55-5N) zonal wind stress (dyn cm™) differences

between the fully coupled run and AMIP run.
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Figure 3.17 Air-Sea coupling strength (10> Nm™ <) from ERA40 (black), NCEP

(grey), AMIP runs (orange) and the corresponding coupled runs (dark cyan).
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Figure 3.18 The power spectrum of the Nino-3 index from the CTRL (left) and AMSC

(right). The unit of horizontal axis is years.
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Figure 3.19 Lead-lag correlation between equatorial (5<5-5N) thermocline depth
(SSH) anomaly and the zonal wind stress curl (-dTaux/dy) over the equatorial central
Pacific (160E-130W, 55-5N). Positive in the lead time means the zonal wind
stress curl leads the equatorial thermocline depth anomaly. The zonal wind stress curl

multiplies -1 in the southern hemisphere.
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Figure 3.20 Thermocline depth (SSH) change regressed onto the zonal wind stress
curl (-dTaux/dy) over the equatorial central Pacific (160 E-130W, 55-5N). The
therocline anomaly lags the surface wind stress curl anomalies 9 months. The zonal

wind stress curl multiplies -1 in the southern hemisphere.
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Chapter 4
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Figure 4.1 a) Epochal SST difference (1999-2010 minus 1980-1998) (<C), b) annual

mean SST correction term (units: <C per 5 days) in the EXP_AOQ.
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Figure 4.2 Longitude-time diagram of the equatorial (55

The years with read marks denote the robust and standing CPW cases.
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Figure 4.3 The leading EOF of monthly mean SSTA in the tropical Pacific domain
during a) 1980-1998 and b) 1999-2010. The fractional variance that can be explained
is 60.9%, 60.0%, respectively. ¢) and d) Linear regression of precipitation (shading in
mm/day) and surface zonal wind stress (contours in dyn/cm?) onto the time series of

EOF-1 mode during these two epochs as shown in e) and f), respectively.
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Figure 4.4 Evolution of the composite EPW (1982, 1997, upper panel), and CPW
(2002, 2004, 2009, lower panel) averaged between 2<5 and 2N. Panels a) and c)
show the anomalous zonal wind stress (shaded in dyn/cm2) and precipitation
(contours in mm/day). Panels b) and d) display the SSTA (shaded in <C) and SSH

anomaly (contours in cm). Note that the SSTA in b) and d) uses different intervals.
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Figure 4.5 Epochal difference (1999-2010 minus 1980-1998) of a) SST (<C), b)
precipitation (mm/day), c) low-level (1000 hPa) wind convergence (X 10”s™), and d)

SSH (shading in cm) and surface wind stress (dyn/cm2).
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Figure 4.6 Mean low-level (1000 hPa) wind convergence (X107 s™) during a)

1980-1998, b) 1999-2010.
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a) Precipitation & SST b) SSH & Zonal Wind Stress
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Figure 4.7 Annual cycle change of the equatorial (2<5-2N) a) precipitation (shading)

and SST (contours), b) SSH (shading) and zonal surface wind stress (contours).
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Figure 4.8 Time evolution of composite SSH (shading in cm), SST (contours in <C)
and surface wind stress (dyn/cm2) anomalies from July-August (JA) in the developing
year to May-June (MJ) in the next year. Three CPW cases are used, 2002, 2004, 20009.

Here ‘0’ denotes the El Nino developing year and ‘1° for the decaying year.
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a) EOF—1 (44.6%) b) EOF—2 (9.5%)
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Figure 4.9 a), b) The first two leading EOF modes (shading) of SSH anomaly during
1999-2010. The contours in a) and b) are the linear regression of zonal current
anomaly (cm/s) averaged over upper 35 m onto the time series of these two modes as
shown in panel c). The fractional variance that can be explained by these two modes

are 43.5%, 9.5%, respectively.
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Figure 4.10 a), b) The first two leading EOF modes (shading) of SSH anomalies

during 1980-1998. c) the time series of these two EOF modes.
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a) ERSST Trend (1950-2000
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Figure 4.11 The linear trend of SSTA (<C per decade) for the period between 1950 and
2000 from a) ERSST and b) HadISST [Rayner et al., 2003]. The reason to use this
period is twofold: The most evident global warming occurs during this period and
large uncertainty for the SST data exists before 1950 due to the lack of observations

over ocean.
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Figure 4.12 Time-mean a) SST, b) precipitation and 850 hPa wind differences

between EXP_AO and AMSC.
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Figure 4.13 the same as Figure 4.11 but for boreal winter (DJF).
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Chapter 5
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Figure 5.1 a) Standard deviation of H850 (black contours in m). The red contour line
(5870 m at 500 hPa) outlines the western North Pacific Subtropical High (WNPSH). b)
The normalized WNPSH index defined by the H850 anomaly averaged over the green
box indicated in a). Blue dashed lines represent 70% of the standard deviation of the
WNPSH index. ¢) The regressed patterns of 850 hPa wind vectors (not shown when
smaller than 0.2 m/s) and precipitation (shading) onto the normalized WNPSH index

during JJA.
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Figure 5.2 The 3-month running mean WNPSH index (red) and Nino 3.4 SSTA (blue)
for the 9 strong WNPAC years. JJA season is indicated by circles in the WNPSH
index. Note that only 4 cases (1983, 1988, 1995, and 1998) occurred during El Nifb

decay summers.
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Figure 5.3 Summertime (JJA) SSTA during 9 strong WNPAC cases. Note that 4 cases

do not accompanied by Indian Ocean warming (1980,1993, 1995, and 1996).
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a) EOF—1 (21.1%) b) EOF-2 (9.9%)

1 1 1 | I 1 1 1 | 36

40°N | 40°N - i

2.7

-1 -1 24

2

30°N 30°N 13

i | 12

09

£ 20°N - $ 20°N - §Z§
3 J 3 - oy
10°N 10°N 93
-15
i . -18
-2
o° - 0° - -24
-27

1 ] 3
-33
T T T T T T T T -36

70°E 90°E 110°E 130°E  150°E 70°E 90°E 110°E 130°E  150°E
Longitude Longitude

c),Time Series
3.0 ]

- - T - - T T
1980 1985 1990 1995 2000 2005

Figure 5.4 a), b) The spatial patterns of the first two leading EOF modes of Asian
summer (JJA) monsoon precipitation anomaly during 1979-2009. The fractional
variance that can be explained by these two modes are 21.1%, and 9.9%, respectively.
c) The corresponding principal components, PC-1 and PC-2 with the WNPSH index.
The correlation coefficients of the WNPSH with the PC1 and PC2 are 0.58 and 0.56,

respectively.
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Figure 5.5 a) Interannual variations of the WNPSH intensity, East Asian summer
monsoon (EASM) strength (reversed) and the total number of TS days (TSDs,
reversed) over the subtropical WNP (20°N-35°N, 110°E-165°E). The WNPSH
intensity is defined by the normalized H850 anomaly averaged over its maximum
variability center (15°N-25°N, 115°E-150°E). The EASM strength is measured by the
leading principal component of the precipitation, 850 and 200 hPa winds of the
EASM system. The numbers in the brackets indicate correlation coefficients with the
WNPSH intensity. The purple (green) polygons in the time series of WNPSH index
indicate the strong (weak) WNPSH years with anomalous amplitudes exceeding 0.7
standard deviations. b), The long-term mean TSDs in JJA (contours in days per year)
and the difference (shading) between 9 strongest and 9 weakest WNPSH years. The
red line in b) shows the coastal regions of TS landing. The interannual variation of the

landing TS numbers has a significant correlation with the WNPSH (r=0.66).
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Figure 5.6 a) The spatial pattern of H850 anomaly (contours) and correlated
precipitation (shading). b) the corresponding principal component (PC-1). ¢) The
correlated SSTA (shading) and 850 hPa wind anomalies. The correlation fields were
made with reference to PC-1 and only correlations significant at 10% confidence level
(r>0.3) are shown. d) Simulated JJA H850 (black contours in m) and precipitation
(shading in mm/day) anomalies with ECHAM4 model forced by prescribed cold

SSTA (red contours with interval of 0.1<C).
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Figure 5.7 Left panel: Schematic diagram to show the 10-WNP anticyclonic coupled
mode. The double arrows denotes the mean flow in boreal summer (JJA). The red
(blue) shading regions indicate the SST warming (cooling). The heavy lines wind

arrows show the anomalous circulation. Right panel: JJA mean SST (shading) and

1000 hPa wind (vectors).
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Figure 5.8 Same as Fig. 5.7d but for boreal spring (March-May) mean state. The solid

red lines outline the SSTA forcing.
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Figure 5.9 a) The correlation between PC-1, and 1000 hPa wind speed (shading), and
SSTA (contours). b) Surface latent heat flux regressed onto PC-1 (shading, negative
means loss heat flux from ocean surface), and the correlation between PC-1 and SSTA

(contours).
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Figure 5.10 a), b), c) are the same as in Fig. 5.7 but for EOF-2 mode. d), Low-level
vorticity (contours in 107'm/s?) in response to a specified mid-tropospheric heating

(shading) obtained from an intermediate atmospheric model with JJA mean flow.
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a) PA cooling (no mean flow) b) MC heating (no mean flow)
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Figure 5.11 Atmospheric low-level vorticity responses (<107 s

, contours) to the
prescribed Pacific cooling (left panel) and maritime continental heating (right panel)
(colour) in an intermediate atmospheric model. Upper panel shows the experiments
without mean flow and the lower panel is with boreal summer (JJA) mean flow. Note
that in the presence of mean flows, the response is enhanced over the monsoon

regions due to the fact that a background easterly vertical shear can amplify Rossby

wave responses (Wang and Xie 1996).
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Figure 5.12 a) Reconstruction of the JJA WNPSH index with the first two principal
components. Shown are the normalized WNPSH index (black) and the reconstructed
(red) index based on PC1l and PC2 (1.226>PC-1+1.245>PC-2). They have a
correlation coefficient of 0.94. b) The observed WNPSH index (black) and the model
simulated index (red) and re-forecasted index (blue). The simulation of the WNPSH
intensity was made based on the Eq. (1) (see text). The correlation between the
observed WNPSH index and the simulated (re-forecasted) WNPSH index is 0.81

(0.75).

148



a)ICor between WNPSH & SSTA gAM) |

40°E 80°E 120°E 160°E 160°W 120°W 80°w

b) Cor between WNPSH & SSTA (May — Mar)
40°N 1 1 [ 1 ] 1 1 1 1

| ]

T
40°E 80°E 120°E 160°E 160°W 120°w 80°w

c) Cor between NAOI (AM) & SSTA (JJA)
40°N I 1 1 I"!) ] 1 1 1 1 I I
30°N - e T Blee
20°N - 4 “ ~x Hos
o ] ” A il B
10°N 4 1 - " [ -0.3
N Nt :
] m\__ ~ B -o0s
10°S S \ ﬁ? M £ - B
_ . . B
20°s T T T T T T T ‘; T T T T T -0.7
40°E 80°E 120°E 160°E 160°wW 120°w 80°w

Figure 5.13 Selection of predictors based on the correlation maps between a, the
WNPSH (JJA) index and the April-May mean SSTA, b) the WNPSH (JJA) index and
the May-minus-March SSTA, and c, the NAO (April-May) index and boreal summer
(JJA) SSTA. Only values with significance level above 90% are shown. The boxes in
the panels a and b indicates the area where area-averaged SSTAs are selected for

constructing the corresponding predictors.
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Figure 5.14 The observed WNPSH index (black) from 1982 to 2005. The red line
denotes the multi-model ensemble (MME) result using the June 1% initial condition
(zero-month lead forecast). Results from three individual models (NCEP, GFDL,
ABOM) are shown by dashed lines. The correlation between the observed WNPSH
index, and MME, NCEP, GFDL, ABOM are 0.82, 0.73, 0.80, and 0.76, respectively.
The hindcast experiments data were provided by NCEP (National Center for
Environmental Prediction), GFDL (Geophysical Fluid Dynamics Laboratory), and
ABOM (Australian Bureau of Meteorology) through APEC Climate Center(APCC)/
climate prediction and application to society (ClIiPAS) project (Wang et al. 2008, Lee

etal. 2011).
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a) Atm response (no mean flow)
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Figure 5.15 Low level wind (vectors) and geopotential height response to
prescribed heating (shading in K/day) with a) no mean flow, b) boreal summer (JJA)

mean flow. ¢) is the difference between b) and a). d) mean vertical shear (m/s) during

b) Atm response (JJA mean flow)
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JJA by the zonal wind difference between 200 hPa and 850 hPa. The model we used

here is a two and half layer atmospheric model (Wang and Li 1993).
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a) SST diff (99-09 minus 79-98)
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Figure 5.16 a) Summertime (JJA) SST difference between two epochs, 1999-2009 and

1979-1998. b) SSTA averaged over the blue box in a) during JJA. The blue box is the

location of the WNP cooling associated with EOF-1.
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Figure 5.17 a) The normalized WNPSH index (JJA) during 1948-2009 from
NCEP-NCAR reanalysis dataset (Kalnay et al. 1996). b) The standard deviation of the

WNPSH index with a 13-year window that moves year by year.
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