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Abstract 14 

The Tiermas low temperature geothermal system, hosted in the Paleocene-Eocene 15 

carbonates of the Jaca-Pamplona basin, has been studied to evaluate the geochemistry 16 

and the temperature of the waters in the deep reservoir. These waters are of chloride-17 

sodium type and emerge with a temperature of about 37 ºC. Two hydrogeochemical 18 

groups of waters have been distinguished: one with lower sulphate concentration and 19 

lower TDS (about 7,500 ppm) and the other with higher sulphate content and TDS 20 

values (close to 11,000 ppm). There are also slight differences in the reservoir 21 

temperature estimated for each group. These temperatures have been determined by 22 
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combining several geothermometrical techniques: (1) classical chemical 23 

geothermometers (SiO2-quartz, Na-K, K-Mg and Na-K-Ca), (2) specific 24 

geothermometers for carbonate systems (Ca-Mg), (3) isotopic geothermometers and, (4) 25 

geothermometrical modelling. 26 

The good agreement in the temperature obtained by these techniques, including the 27 

cationic geothermometers which are not usually considered suitable for this type of 28 

systems, allows establishing a reliable range of temperature of 90 ± 20 ºC for the low-29 

sulphate waters and 82 ± 15 ºC for the high-sulphate waters. 30 

The mineral assemblage in equilibrium in the reservoir is assumed to be the same for 31 

both groups of waters (calcite, dolomite, quartz, anhydrite, albite, K-feldspar and other 32 

aluminosilicate phases); therefore, the differences found in the reservoir temperature 33 

and, mostly, in the geochemical characteristics of each group of waters must be due to 34 

the existence of two flow patterns, with slightly different temperatures and intensity of 35 

water-rock interaction. 36 

Anhydrite is at equilibrium in the reservoir suggesting that, although this system is 37 

hosted in carbonates, evaporites may also be present. The dissolution of halite (the 38 

increase in the chloride concentration) conditions the chemical characteristics of the 39 

waters and the equilibrium situations in the reservoir and waters acquire their chloride-40 

sodium affinity at depth and not during their ascent to the surface. 41 

Finally, a favourable tectonic structure for CO2 storage has been recognised in the 42 

Paleocene-Eocene carbonates of this area. Therefore, considering the characteristics of 43 

these waters (in equilibrium with calcite, dolomite and anhydrite in the reservoir), the 44 

results of this work are useful to understand some of the geochemical processes that 45 

might take place during the CO2 injection: 1) precipitation of carbonates and sulphates 46 
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in the vicinity of the injection well due to desiccation of the waters and, 2) carbonate 47 

dissolution and sulphate precipitation in the long term. 48 

Keywords: geothermal system; geothermometry; chemical geothermometers; isotopic 49 

geothermometers; geothermometrical modelling; mobile elements. 50 

1. Introduction 51 

Geothermal systems have always been of interest for industrial or touristic use of their 52 

waters (e.g., in greenhouses or balneotherapy). One of the first steps in the evaluation of 53 

the geothermal potential of an area is the study of the geochemical and isotopic 54 

characteristics of the thermal springs (e.g. D’Amore and Arnórsson, 2000). These 55 

studies provide information about the water evolution along the hydrological circuit and 56 

about its temperature in the reservoir. The general geochemical and geothermometric 57 

characterisation of the Tiermas geothermal system is presented in this paper. 58 

The Tiermas thermal waters have been used in balneotherapy since Roman times. 59 

Nowadays the springs are covered by the waters impounded by the Yesa dam during 60 

most of the year. However, these springs become exposed frequently during late 61 

summer and many people come to benefit from their therapeutic properties. New 62 

projects to use these thermal waters again are being proposed. The spring temperature is 63 

about 40 ºC and the flow rate 200 L/s and they are considered one of the most important 64 

geothermal systems in Aragon for its geothermal potential (Sanchez, 2000; Sanchez et 65 

al., 2004). 66 

During the development of the ALGECO2 project, conducted by the Spanish 67 

Geological Survey (IGME), the Paleocene-Eocene carbonate rocks in this area (which is 68 

the most feasible aquifer of the Tiermas waters; see below) were considered a 69 
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favourable structure for CO2 geological storage (Leyre-Berdún structure, southwards 70 

Leyre Sierra; Suárez et al., 2014). This makes the study of these waters a potential 71 

analogue study for the ones expected to be in the proposed CO2 storage, from which 72 

there are not yet hydrochemical data (Suárez et al, 2014; Gaus, 2010). 73 

Despite the well known interest of the system, its hydrological and hydrochemical 74 

features are still poorly known due to the complex geology of the zone. Thus, the aim of 75 

this work is to fill in this gap with the geochemical characterisation of these waters and 76 

the estimation of the reservoir temperature using classical and geothermometrical 77 

modelling techniques. 78 

2. Geological and hydrological setting 79 

The Tiermas springs are located in the Aragonian pre-Pyrenees, in the northwest of the 80 

Zaragoza province (Figure 1). They emerge in the north shore of the Yesa reservoir, 81 

which covers the springs during most of the year. Geologically, the system is located in 82 

the Jaca-Pamplona Basin, between the Boltaña anticline and the Pamplona fault, and 83 

bounded on the north by the Axial Zone and the Inner Ranges and on the south by the 84 

Outer Ranges (Figure 2).The Jaca-Pamplona Basin is elongated in east-west direction, 85 

parallel to the general trend of the Pyrenees. Overall, the structure of the basin is an 86 

asymmetric syncline dipping south and filled with Tertiary formations (Larrasoaña et 87 

al., 1996; Bauluz et al., 2008). The evolution of this basin was conditioned by a 88 

compressional context. The South Pyrenean zone was a foreland basin during the 89 

Cretaceous and a deep trench opened westwards receiving sediments from a turbiditic 90 

system. In the Middle Eocene this basin was transformed in a piggy back basin, with 91 

southwards displacement due to the propagation of the South Pyrenean Basal Thrust 92 

and, eventually, was filled by tertiary sediments (Payros et al., 1994; Oliva et al., 1996). 93 
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The Jaca Basin has a great structural complexity: there are two main structural trends 94 

which give rise to two fault systems, one with a NNE-SSW direction, due to the 95 

reactivation of the tardi-hercynian fault systems, and the other with a E-W direction 96 

(Figure 1), that corresponds to the Pyreneean trend (IGME, 1973). 97 

2.1. Stratigraphy 98 

Stratigraphically, the Jaca-Pamplona Basin is constituted by Triassic to Miocene 99 

formations with a sedimentary and metasedimentary Paleozoic basement (Saura and 100 

Teixell, 2006). The Triassic rocks belong to the Bundsandstein and Keuper Facies, with 101 

about 400 meters of conglomerates, sandstones and lutites, and 150 meters of 102 

evaporates, lutites and limestones , respectively (Pueyo et al., 2012), although due to the 103 

role of the Keuper Facies as detachment level, it is difficult to determine its exact 104 

thickness. These Triassic formations are directly overlaid by a marine series deposited 105 

in the foreland South Pyreneean basin during the Upper Cretaceous: the Paleocene 106 

Alveoline Limestones, the Lower and Middle Eocene Guara Limestones and turbidites 107 

of the Hecho Group (IGME, 1973; Faci, 1997). This is followed by a regressive 108 

carbonate series in the Middle and Upper Eocene formed in an external platform and a 109 

prodelta system and constituted by the Sabiñanigo Sandstones (the Larres Marls in other 110 

areas), the Arguis-Pamplona marls and the Belsué-Atarés marls and sandstones. These 111 

formations are overlaid by evaporitic rocks, which indicate the transition to a paralic 112 

continental environment, and are constituted by halite, anhydrite and potassium salts 113 

(sylvite and carnalite) units (e.g. Ayora et al., 1994, 1995). The potash units are 114 

restricted to the depocenter and they are mostly absent in the rest of locations (Ayora et 115 

al., 1994); for instance, in the hydrocarbon exploration drilling Sangüesa 1 (Figure 1) 116 

these evaporites are only constituted by anhydrite and halite at depth. 117 
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Finally, the last stage of the basin evolution corresponds to the alluvial filling of the 118 

Jaca-Pamplona Basin that is represented in the Oligocene and Miocene continental 119 

formations (Campodarbe Group and Bernués and Uncastillo Formations; IGME, 1973; 120 

Faci, 1997). 121 

In the context of this study, the Upper Cretaceous and the Paleocene-Eocene formations 122 

are of special interest as they constitute the potential geothermal formations (FG6 and 123 

FG7; Sánchez, 2000; Sánchez et al., 2000, 2004) for the Tiermas thermal springs. The 124 

thickness of the Upper Cretaceous is about 200 metres in the area and it is constituted, 125 

at its base, by dolomitic limestones, marls and sandy limestones and, at the top, by the 126 

Marboré Sandstones (calcarenites with sandstones and siliceous conglomerates in the 127 

uppermost part; IGME, 1973; Faci, 1997). 128 

In the Paleocene-Eocene formations, the Alveoline Limestones are 120 to 300 metres 129 

thick, and consist of carbonates and calcarenites, with sparitic or microsparitic cement, 130 

bioclasts, quartz grains and, locally, oncoids, ooids and intraclasts (IGME, 1973; Faci, 131 

1997). The Guara Limestones in the area are about 100 metres thick and consist of 132 

bioclastic limestones with abundant siliciclastic rocks at the bottom that grade to marls 133 

towards the top (IGME, 1973; Puigdefâbregas, 1975; Faci, 1997). Exploratory drilling 134 

at depths between 2800 and 3700 metres show that these limestones from the 135 

Paleocene-Lower Eocene (Alveoline and Guara Limestones) are dolomitic at the bottom 136 

(Sánchez Guzmán and García de la Noceda, 2005). Finally, the Hecho Group consists of 137 

sets of siliciclastic turbidites and hemipelagic marls with calcite, illite, chlorite and 138 

minor albite and dolomite (Bauluz et al., 2008). The most arenitic parts contain lithic 139 

fragments and clasts of quartz, plagioclase, K-feldspar and muscovite (Gupta and 140 

Pickering, 2008). Embedded in these materials appear the so-called carbonated mega-141 

layers (or mega-turbidites), which are thick and laterally continuous carbonate-142 
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cemented breccias and calcarenites, removed from a platform and re-deposited in a deep 143 

marine trench. Up to seven mega-layers with up to 200 meters of thickness have been 144 

identified in the Jaca-Pamplona Bain (IGME, 1973; Payros et al., 1994; Faci, 1997; 145 

Bauluz et al., 2008). 146 

These formations, considered as the suitable aquifer of the waters studied here, although 147 

mainly constituted by carbonates, they also contain siliciclastic rocks, which will 148 

determine the geochemical characteristics of the waters (see below). 149 

2.2. Hydrogeology 150 

Sánchez (2000) and Sánchez et al. (2000, 2004) distinguish several geothermal 151 

formations in the Pyrenees area defining them as “geological units able to store water or 152 

other fluids at a specific temperature and under specific mobility conditions suitable to 153 

allow some type of geothermal exploitation”. Two of them, FG6 and FG7, are located in 154 

the studied area, the first one corresponds to the Upper Cretaceous formations and the 155 

second is formed by the Alveoline Limestones (Paleocene), the Guara Limestones 156 

(Paleocene-Eocene) and the megaturbidites from the Eocene Flysch. The second one is 157 

considered the potential aquifer of the Tiermas springs (ITGE-DGA, 1994; Faci, 1997; 158 

Sánchez, 2000; Sánchez et al., 2000, 2004) and of the geothermal system of Jaca-159 

Serrablo (about 70 km NE of Tiermas; Sánchez Guzmán and García de la Noceda, 160 

2005). 161 

The Tiermas waters are chloride-sodium/calcium-sulphate type with a TDS (total 162 

dissolved solids) higher than 10,000 ppm. Other waters also hosted in the Alveoline 163 

Limestones show different chemical features. For example, the groundwaters sampled 164 

in a piezometric borehole in Romanzado (12 km NW of Tiermas) are calcium-165 

bicarbonate type (Consulnima, 2011) and the waters from the Jaca-Serrablo geothermal 166 
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system have TDS values around 2,000 ppm (Sánchez Guzmán and García de la Noceda, 167 

2005). The lithological features of the potential aquifer of Tiermas springs (the 168 

Alveoline Limestones) do not include the presence of suitable rocks to provide a 169 

chloride-sodium/calcium-sulphate composition to the waters. One hypothesis is that the 170 

waters would acquire these chemical components during their ascent to surface due to 171 

the contact with the evaporites from the limit between the Upper Eocene and the 172 

Oligocene (ITGE-DGA, 1994). Another possibility could be that the structural 173 

complexity of the area (Figure 2) puts the waters in the deep reservoir into contact with 174 

the evaporitic rocks from the Keuper Facies or from the formations of the Eocene-175 

Oligocene limit. 176 

The possible areas proposed as recharge zones for the Tiermas geothermal system are 177 

outcrops of Paleocene and Eocene carbonates in the Leyre Sierra (Figure 1), in the Illon 178 

and Orba Sierras (Figure 1), and in the Inner Ranges (Figure 2; Auqué, 1993; ITGE-179 

DGA, 1994; Sáenz, 1999; Consulnima, 2011). In any case, these springs result from the 180 

upward discharge of a deep (and, therefore, warm) groundwater flow. The rise of these 181 

waters to the surface is probably due to the NNE-SSE fractures that interrupt the N-S 182 

flow and force this to be vertical, resulting in a flow rate of about 200 L/s (Auqué, 1993; 183 

ITGE-DGA, 1994). 184 

The limited information available about the Tiermas geothermal system and the 185 

structural complexity of the area makes the characterisation of the possible aquifer 186 

lithologies and the hydrological circuit, difficult. 187 

3. Methodology 188 

After reviewing the available analytical data about the Tiermas geothermal system, the 189 

unpublished results from the sampling campaign carried out in 1985 (Auqué, 1993) 190 
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were selected because this campaign produced a complete analytical data set including 191 

hydrochemical and isotopic data of the spring waters and in situ measurements of 192 

temperature, pH, and electrical conductivity. Another sample from 1991 (ITGE-DGA, 193 

1994), taken in a shallow control borehole near the thermal springs, was included in this 194 

study to complete the characterisation of the system; in this case the electrical 195 

conductivity and pH were measured in the laboratory and there are no data for 196 

temperature, although an estimated value has been considered for this parameter. The 197 

rest of available chemical analyses since 1991 show a progressive decrease in the 198 

salinity of the thermal waters studied here. As they seem to represent a modification of 199 

the original situation in the thermal system (e.g. mixing and/or dilution) we decided to 200 

not consider them in this work. Table 1 compiles the chemical and physicochemical 201 

parameters for the selected samples indicating the laboratories where they were 202 

analysed. 203 

The charge imbalance for the water samples was calculated with the PHREEQC code 204 

(Parkhurst and Appelo, 2013) and the results showed that all the samples have a charge 205 

imbalance lower than ± 5% (Table 1). This value is in the range usually accepted as 206 

valid (Nordstrom et al., 1989; Appelo and Postma, 2005) and supports the reliability of 207 

the data used in this study. The lack of aluminium data in most of the samples has been 208 

solved by fixing the aluminium content in the water imposing equilibrium with an 209 

aluminosilicate phase in the geothermometrical modelling (Pang and Reed, 1998; 210 

Palandri and Reed, 2001). 211 

3.1. Chemical and isotopic geothermometers 212 

The chemical geothermometers are the classical method to determine the reservoir 213 

temperature in geothermal systems. They use empiric or experimental calibrations based 214 
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on heterogeneous chemical reactions (temperature dependent) from which the 215 

equilibrium temperature can be calculated (e.g. Marini, 2004) using the elemental 216 

contents controlled by those heterogeneous reactions and assuming that the contents 217 

have not suffered significant changes during the rise of the waters to the surface. 218 

A vast choice of geothermometers with various calibrations and suitable for different 219 

systems exists at present (e.g. see the review from D’Amore and Arnórsson, 2000). For 220 

example, the use of the cationic geothermometers (e.g. Na-K, K-Mg) has been proven 221 

very useful to estimate the reservoir temperature in high temperature systems (> 180 222 

ºC), in which the equilibrium between the water and the minerals in the reservoir is 223 

generally reached. However, their use in intermediate to low temperature systems or in 224 

carbonate-evaporitic reservoirs, as the case studied here, is usually considered 225 

inappropriate due to the range of their calibration temperatures, the chemical features of 226 

the water used for the calibration and/or the mineral phases involved in the equilibrium 227 

situations (Auqué, 1993; Chiodini et al., 1995; D’Amore and Arnórsson, 2000; Asta et 228 

al., 2010). Despite these limitations, the K-Mg and silica geothermometers and some of 229 

their calibrations have been use here as they have provided good results in similar cases 230 

(Fernández et al., 1988; Michard and Bastide, 1988; Pastorelli et al., 1999; Wang et al. 231 

2015). Moreover, as shown later, the use of the classical Giggenbach diagram 232 

(Giggenbach, 1988) indicates that Tiermas thermal waters fall on the field of the 233 

partially equilibrated waters, or near the fully equilibrate waters field, depending on the 234 

calibration considered, suggesting that the use of the cationic geothermometers, 235 

including the Na-K one, could be adequate. 236 

The geothermometers that are more specific for low temperature carbonate-evaporitic 237 

systems and therefore more suitable for this study, are the Ca-Mg and the SO4-F 238 

geothermometers, firstly developed by Marini et al. (1986) and then revised by Chiodini 239 
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et al. (1995). They are based on the assumption that Ca/Mg and SO4/F ratios are mainly 240 

controlled by temperature. The Ca-Mg geothermometer assumes the equilibrium of the 241 

waters with calcite and dolomite in the reservoir, which is reasonable in this type of 242 

systems. However, the results can be affected by the solubility of these mineral phases 243 

and whilst the calcite solubility is quite well known, the solubility of the dolomite 244 

depends on the degree of order/disorder. With respect to the SO4-F geothermometer, it 245 

can only be applied to waters fully equilibrated with anhydrite and fluorite in the 246 

reservoir (Chiodini et al., 1995), which is not always the case in this type of systems. 247 

The chemical geothermometers and calibrations finally selected are listed in Table 2. 248 

Additionally, various isotopic geothermometers have been used including δ13C CO2-249 

HCO3, δ
18O CO2-H2O and δ18O SO4-H2O (Table 3). These geothermometers are based 250 

on the assumption that two species are in isotopic equilibrium and the isotope exchange 251 

is a function of temperature. These geothermometers could also present problems 252 

associated to reequilibrium processes during the ascent of the waters and to the 253 

calibrations. In order to take this into consideration, several calibrations have been used 254 

for the geothermometer δ18O in SO4-H2O (Boschetti, 2013): the classical calibrations 255 

based in the HSO4-H2O exchange (Friedman and O’Neil, 1977; Seal et al., 2000), and 256 

the more recent ones based on the SO4
2--H2O (Halas and Pluta, 2000; Zeebe, 2010) and 257 

CaSO4-H2O exchange (Boschetti et al., 2011). 258 

3.2. Geothermometrical modelling 259 

This modelling is based on the same assumption as the classical chemical 260 

geothermometers: the thermal waters have reached the equilibrium with respect to the 261 

minerals in contact with them in the reservoir of the geothermal system. Then, during 262 

the ascent to the surface, the waters cool and change the distribution of the dissolved 263 
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species and, therefore, their saturation states with respect to the various minerals. The 264 

modelling consists in reverse the ascent of the waters simulating a progressive increase 265 

of the temperature up to a range in which the saturation states of the waters with respect 266 

to several minerals (presumably present in the reservoir) coincide in an equilibrium 267 

situation. 268 

This technique was initially proposed for its use in alkaline thermal waters by Michard 269 

and his co-workers (Michard and Fouillac, 1980; Michard and Roekens, 1983; Michard 270 

et al., 1986) and later generalised for other types of thermal systems by Reed and co-271 

workers (Reed and Spycher, 1984; Pang and Reed, 1998; Palandri and Reed, 2001; 272 

Peiffer et al., 2014; Spycher et al., 2014). It presents some advantages over the chemical 273 

geothermometers: a) it gives a better identification of the mineral set in equilibrium with 274 

waters and of the chemical characteristics of the thermal waters at depths (pH, for 275 

instance); and b) it allows identifying the action and effects of secondary processes 276 

during the ascent of the thermal waters to surface such as mineral reequilibria, mixing 277 

with colder waters or outgassing processes (Michard and Fouillac, 1980; Michard and 278 

Roekens, 1983; Reed and Spycher, 1984; Michard et al., 1986; Tole et al., 1993; Pang 279 

and Reed, 1998; Palandri and Reed, 2001). 280 

In this study PHREEQC code (Parkhurst and Appelo, 2013) has been used to carry out 281 

the geothermometrical modelling, using the LLNL thermodynamic database distributed 282 

with the code. 283 

4. Results 284 

4.1. Chemical characteristics of the waters 285 
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The water samples studied here were taken from four springs in 1985 (T1, T2, T3 and 286 

T4; Table 1) and from a shallow borehole in 1991 (B1; Table 1), all of them located in 287 

an area of 50 m2. These samples are separated into two groups: low-sulphate samples, 288 

B1 and T1, with low sulphate concentration and low TDS (about 7,500 ppm; Table 1) 289 

and high-sulphate samples, T2, T3 and T4, with higher sulphate contents and higher 290 

TDS values (close to 11,000 ppm; Table 1). These two groups also present differences 291 

and similarities in some molar ratios: 292 

 The Na/Cl ratio is near 1 for the samples of the low-sulphate group and higher 293 

for the samples of the high-sulphate one (approximately 1.6). This indicates that 294 

the Na and Cl concentrations in the low-sulphate group are controlled mainly by 295 

halite dissolution. Whereas, the 1.6 value in the high-sulphate group indicates an 296 

extra contribution of Na (e.g. associated to cation exchange). 297 

 The Ca/SO4 ratio in the low-sulphate group is about 0.6, and 0.2 in the high-298 

sulphate. In both cases, as the contents of SO4 are assumed to be controlled, 299 

almost entirely, by anhydrite dissolution, calcium must be removed from the 300 

waters by precipitation of other minerals, probably carbonates, or by cation 301 

exchange reactions. 302 

 The Ca/HCO3 and Ca+Mg/HCO3 ratios are quite similar in both groups (about 2 303 

and 3, respectively), although both are a little higher in the high-sulphate group. 304 

These ratios, much higher than 1, would reflect the important contribution of 305 

anhydrite dissolution in these waters. 306 

 The Ca+Mg/HCO3+SO4 ratio (in eq/L) ranges between 0.85 and 0.88 (~ 1) in 307 

both groups. This indicates an important participation of interaction processes 308 

involving carbonates and sulphates, but with some additional intervention of 309 

other water-rock interaction processes. 310 
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 The K/Cl ratio is much lower than 1 in both groups (about 0.01) which means 311 

that sylvite is not a mineral phase with significant influence in the chemical 312 

characteristics of the waters. The same can be said about carnalite since the 313 

relation Cl:Mg:K in this phase is 3:1:1 and in the thermal waters is completely 314 

different (around 100:4:1). These facts suggest that the waters are not in contact 315 

with the evaporitic Eocene-Oligocene or that these rocks do not contain these 316 

minerals. 317 

 Finally, the Mg/Ca ratio has similar values in both groups, ranging between 0.42 318 

and 0.55, which could be indicative of a calcite-dolomite equilibrium at similar 319 

salinities and temperatures in the reservoir. 320 

These ratios show that the chemical characteristics of both water types are highly 321 

influenced by carbonate and sulphate phases. Despite the similar spring temperature in 322 

both groups, the differences found in the chemical characteristics could be indicative of 323 

the existence of two flow patterns affected by different intensities of water-rock 324 

interaction processes. 325 

For the two low-sulphate samples, B1 and T1, (Table 1) the lower concentration of 326 

sulphate in T1 could result from sulphate reduction despite the fact that there is not a 327 

significant increase in the HCO3
- concentration compared to B1. The Tiermas thermal 328 

waters usually present a rotten eggs smell and have been described as sulfidic (e.g. 329 

Jimenez, 1838); therefore, the influence of sulphate reduction is feasible. A removal of 330 

the HCO3
- upon sulphate reduction results from the precipitation of a carbonate phase, 331 

which would also explain the lower content of calcium in sample T1).  332 

4.2. Isotopic characteristics of the waters 333 
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The isotopic data used here correspond to two samples from 1985: sample T1 and a 334 

sample from the Yesa reservoir (Table 4). The δ18O-δ2H isotopic ratio for these waters 335 

(and other unpublished data from the Yesa reservoir in 2012 and one sample from a 336 

borehole in Tiermas; Baeza et al., 2000; Figure 3) is close to the Global Meteoric Water 337 

Line δ2H = 8·δ18O + 10, defined by Craig (1961), the Regional Meteoric Water Line for 338 

Spain δ2H = 8·δ18O + 9.27 (Díaz-Teijeiro et al., 2009) and also to the Local Meteoric 339 

Water Line, δ2H = 5.6·δ18O – 7.6 (Baeza et al., 2000), which supports a meteoric origin 340 

for these waters (Figure 3). In high-temperature thermal systems, a positive δ18O-shift is 341 

observed (e.g. Clark and Fritz, 1997) and since the Tiermas thermal waters do not 342 

display such enrichment, this system should be regarded as low-medium temperature. 343 

18O and 2H in meteoric waters are negatively correlated with altitude (e.g. Clark and 344 

Fritz, 1997) and therefore, the depleted values for 18O and 2H in the thermal water 345 

indicate a higher elevation for its recharge area than for that of the waters in the Yesa 346 

reservoir. Unfortunately, there are no available regional data of the isotopic gradient 347 

with altitude which would have allowed determining the recharge area more accurately. 348 

Finally, tritium in the thermal waters is below detection limit (Table 4) indicating a 349 

recharge prior to 1952 and that they are not affected by mixing with more recent waters 350 

(Clark and Fritz, 1997). 351 

Some complementary information exists about the isotopic composition of the sulphates 352 

in the evaporites that might be in contact with these thermal waters. The Keuper Facies 353 

presents values of 10.9-16.3 ‰ for the δ34S and 8.9-14.9 ‰ for δ18O (Utrilla et al., 354 

1987). The isotopic values in the rocks of the limit between the Upper Eocene and the 355 

Oligocene are in the range of 12.9-23.6 ‰ for the δ34S and 9.8-11.9 ‰ for δ18O (Ayora 356 

et al., 1995). The isotopic values in the dissolved sulphate of the thermal waters are 357 
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within these ranges, except that the δ34S in the dissolved sulphate is slightly higher than 358 

the range reported for the Keuper facies (which could be explained by the sulphate 359 

reduction process that affects sample T1). In any case, these data support the hypothesis 360 

that the waters are in contact with some of these evaporites although, with the available 361 

data and considering the structural complexity of the area, it is not so clear if they are in 362 

contact with the Keuper Facies or with the evaporitic rocks of Upper Eocene-Oligocene 363 

limit. 364 

4.3. Saturation states 365 

The results obtained from the speciation-solubility calculations at spring temperature are 366 

shown in Table 5. Except for sample B1 that is oversaturated, the waters are close to 367 

equilibrium or slightly undersaturated with respect to calcite, and more undersaturated 368 

with respect to disordered dolomite. Their pCO2 values are higher than the atmosphere 369 

and the oversaturation shown by sample B1 (related with its lower pCO2) is possibly a 370 

result of CO2 degassing before the pH was measured in laboratory. Waters are almost in 371 

equilibrium with chalcedony and are oversaturated with respect to quartz. They are 372 

undersaturated with respect to gypsum, anhydrite, fluorite, and also with respect to other 373 

evaporitic phases like halite, sylvite and carnalite. T1 is the only sample with aluminium 374 

concentration and it is clearly oversaturated with respect to albite, K-feldspar, and other 375 

aluminosilicates potentially present in the reservoir such as kaolinite, phyrophyllite, 376 

laumontite or clinochlore. 377 

4.4. Geothermometrical calculations 378 

4.4.1. Chemical geothermometers 379 
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The temperatures calculated (Table 6) with all the silica geothermometers are similar for 380 

all samples because their silica contents are also similar. The SiO2-quartz 381 

geothermometer yields 75-78 °C (B1 is near 70 ºC because its silica content is lower 382 

than the rest) whilst the SiO2-chalcedony geothermometer yields lower temperatures, 383 

44-48 ºC (38 ºC for B1). 384 

The K-Mg geothermometer provides values between 66 and 75 °C for all the samples, 385 

closer to those deduced with the SiO2-quartz geothermometer. The results obtained with 386 

the other cationic geothermometers show substantial differences depending on the 387 

sample considered and in the case of the Na-K geothermometer the temperature 388 

predicted also depends on the calibration considered: 1) for the samples of the low-389 

sulphate group (B1 and T1), the temperature is about 120 ºC with the Giggenbach 390 

(1988) calibration and about 100 ºC with the Fournier (1979) one; 2) for the samples of 391 

the high-sulphate group, the temperatures are around 95 and 75 ºC with the two 392 

calibrations, respectively. Given the good agreement between the result obtained with 393 

the K-Mg geothermometer and the Fournier (1979) Na-K calibration for the samples 394 

from the high-sulphate group (which is coherent with their position closer to the fully 395 

equilibrated waters in the Giggenbach diagram, Figure 4), only the Fournier calibration 396 

is considered in the discussions. 397 

Finally, with respect to the rest of the cationic geothermometers: 1) the Na-K-Ca 398 

geothermometer (with β = 1/3 as recommended by Fournier and Truesdell, 1973) 399 

predicts a temperature close to 100 ºC for the samples of the high-sulphate group and 400 

slightly higher for the low-sulphate waters; 2) the Ca-Mg geothermometer predicts a 401 

temperature in the range between 75 and 88 ºC, consistent with the similar Mg/Ca ratios 402 

and salinities for all the samples; and 3) the SO4-F geothermometer provides incoherent 403 

results in this case as fluorite has not reached the equilibrium in the reservoir. 404 
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As a general trend, the temperatures obtained with most of the chemical 405 

geothermometers are more similar to the ones deduced with the quartz geothermometer 406 

than to those provided by the chalcedony geothermometer, suggesting that quartz is the 407 

phase that probably controls the dissolved silica in the thermal waters of Tiermas. 408 

Despite the slight differences provided by some geothermometers, the temperature 409 

values in the two groups of waters are quite similar and a temperature range of 85 ± 17 410 

°C could be proposed for both. This range would include nearly all temperature values 411 

obtained (Table 6) and it is acceptable as it is similar to the uncertainty range for these 412 

determinations (± 20 °C; Fournier, 1982). Moreover, the 85 ºC range is indicated by the 413 

Ca-Mg geothermometer, which is specific for low temperature carbonate-evaporite 414 

systems and also by various cationic geothermometers with different sensitivity to 415 

secondary processes during the water ascent (D' Amore et al., 1987; D’ Amore and 416 

Arnòrsson, 2000), suggesting that secondary effects are negligible. 417 

4.4.2. Isotopic geothermometers 418 

The results of the isotopic geothermometers calculations for sample T1 (from the low-419 

sulphate group; Table 4) are shown in Table 7. 420 

The δ13C CO2-HCO3 geothermometer points towards different temperature values 421 

depending on the considered calibration. The Mook et al. (1974) calibration predicts a 422 

temperature of 70 ºC while with the Deines et al. (1974) it is 91 ºC. If the δ18O CO2-423 

H2O geothermometer is considered, the temperature predicted by various calibrations is 424 

quite similar, between 94 and 98 ºC (Table 7). 425 

With respect to the δ18O SO4-H2O geothermometer, using the classical calibrations 426 

(based on the equilibrium exchange between HSO4
- and H2O) the temperature ranges 427 

from 71 to 75 ºC whilst with the recently proposed calibrations based on the equilibrium 428 
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exchange between SO4
2- and H2O (Halas and Pluta, 2000; Zeebe, 2010), the 429 

temperatures obtained are very low (Table 7). Finally, using the calibration proposed in 430 

Boschetti et al. (2011; a combination of the calibrations of Chiba et al., 1981 and 431 

Zheng, 1999), based on the equilibrium exchange between anhydrite (CaSO4) and H2O, 432 

the calculated temperature is 81 ºC. 433 

The results of the calibrations based on the exchange between waters and various 434 

sulphur species, depend on the dominant species in solution (Boschetti, 2013). In low 435 

temperature systems with pH close to neutral, as in the Tiermas waters, SO4
2- is usually 436 

the dominant species (70 % of the sulphate, in speciation calculations), nonetheless, 437 

these calibrations provide unreasonably low temperatures. This fact is probably due to 438 

the lack of equilibrium between SO4
2- and H2O since, in low temperature systems, the 439 

18O exchange between SO4
2- and H2O is slow and, moreover, the equilibrium can be 440 

affected by the sulphate reduction process identified in this sample (Boschetti et al., 441 

2011). 442 

The calibration based on δ18O CaSO4-H2O may be the most reliable for this system as it 443 

provides a temperature of 81 ºC quite similar to the results obtained from the previous 444 

calculations. Moreover, as it will be seen with the geothermometrical modelling next, 445 

the waters in the reservoir are in equilibrium with anhydrite. 446 

The calibrations based on the δ18O HSO4
--H2O exchange also provide reasonable 447 

temperatures despite the fact that they are suitable for acidic waters. This is due to the 448 

fact that these calibrations have almost the same position in the δ18O-T plot, as the one 449 

based on the CaSO4-H2O exchange for neutral water (see, for instance, Boschetti, 2013 450 

or Awaleh et al., 2015). 451 
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In summary, the values obtained by the isotopic geothermometers are in good 452 

agreement with those calculated with the chemical geothermometers. 453 

4.4.3. Geothermometrical modelling 454 

The geothermometrical modelling consists of simulating a progressive increase of water 455 

temperature to obtain the value for which a set of minerals, assumed to be present in the 456 

reservoir in equilibrium with the waters, simultaneously reach that equilibrium. The 457 

selection of the mineral phases is based on the hydrogeochemical characteristics of the 458 

studied waters, the reservoir lithology and the results obtained from the chemical 459 

geothermometers. 460 

The evolution of these waters is assumed to be controlled by the interaction processes 461 

with carbonate and evaporitic rocks. Therefore, phases such as calcite, dolomite and 462 

anhydrite are included in the calculations. Other evaporitic minerals, such as halite, may 463 

have influenced the water composition but they were not included in the modelling 464 

because all the waters are strongly undersaturated with respect to them (Table 5). 465 

The presence of detrital material in the carbonate aquifer diversifies the mineral set to 466 

consider. Minerals such as albite, K-feldspar and quartz have been identified in some of 467 

these formations and the success of the Na-K geothermometers (based on the existence 468 

of a K-feldspar-albite-solution equilibrium) and SiO2-quartz (based on the existence of a 469 

quartz-solution equilibrium) supports that these phases could control some 470 

compositional characteristics of the waters. 471 

Other aluminosilicate phases such as smectite, illite, chlorite and kaolinite are common 472 

in all types of sedimentary lithologies. Nevertheless, the solubility of such phases 473 

presents remarkable uncertainties due to their variability in composition, degree of 474 

crystallinity, etc. (Merino and Ransom, 1982; Nordstrom et al., 1990; Palandri and 475 
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Reed, 2001). After testing various aluminium phases, clinochlore was chosen in this 476 

study as representative for them, since it provides coherent results. 477 

Some differences were found in the results obtained for the two samples of the low-478 

sulphate group (B1 and T1) and they are shown separately in Figure 5. The modelling 479 

results for the samples from the high-sulphate group are, however, all similar and only 480 

T3 is shown as representative in Figure 6. 481 

The first results obtained for all the waters showed that calcite and dolomite reach 482 

equilibrium at temperatures about 50 to 60 ºC, lower that the temperatures for the rest of 483 

the considered mineral phases. Assuming that these minerals should be in equilibrium in 484 

the reservoir in this type of systems, the lack of coincidence with the rest of the minerals 485 

in equilibrium could be explained by CO2 outgassing during the ascent of the waters to 486 

the surface, which is coherent with the high pCO2 values in the waters (Table 5). In 487 

order to reconstruct the most plausible characteristics of the waters in the reservoir, and 488 

to check this hypothesis, an increase of the CO2 was simulated (as recommended by 489 

Pang and Reed, 1998 or Palandri and Reed, 2001) to obtain an equilibrium temperature 490 

for calcite similar to the temperature for the rest of phases. Although dolomite presents 491 

more uncertainties than calcite, after adjusting the calcite equilibrium, dolomite also 492 

provides coherent results. 493 

The CO2 in B1 was increased to about 9.6 mmol/L, which means a pH = 6 in the 494 

reservoir, in sample T1 the increase was to 7.5 mmol/L and the pH was 6.15 and, 495 

finally, the increase in sample T3 was to about 5.4 mmol/L, which yields pH = 6.45 at 496 

depth. The results presented below in Table 8 and Figures 5 and 6 were obtained after 497 

this reconstruction. 498 
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The results for sample T1 (Figure 5a and Table 8) show that the aluminosilicate phases 499 

(clinochlore, K-feldspar and albite) reach equilibrium at a temperature around 95 ºC, 500 

similar to the temperature predicted by dolomite (100 ºC). The temperature predicted by 501 

quartz is 72 ºC and by anhydrite is the highest, 113 ºC. Sample B1, with no aluminium 502 

data and with silica concentration lower than expected compared to the rest of samples, 503 

has been equilibrated with quartz and K-feldspar, as proposed by Palandri and Reed 504 

(2001), fixing the dissolved silica and aluminium contents. The results obtained for the 505 

rest of the minerals are about 100 ºC, (Figure 5b and Table 8). Even anhydrite reaches 506 

equilibrium in the same range as the other minerals since the sulphate content in this 507 

sample is higher than in sample T1. 508 

The evolution with the temperature of the saturation indices of the selected minerals for 509 

sample T3 (representative of the high-sulphate group) is shown in Figure 6. Since there 510 

is not aluminium data for this sample, its concentration was fixed by imposing the K-511 

feldspar equilibrium (Pang and Reed, 1998; Palandri and Reed, 2001). The results show 512 

a remarkable degree of convergence for the saturation indices of quartz and anhydrite 513 

which reach equilibrium at the same temperature, 72 and 71 ºC, respectively. These 514 

phases are highly reliable in geothermometrical determinations (Kharaka and Mariner, 515 

1989; Auqué, 1993; Pastorelli et al. 1999), since they are thermodynamically well 516 

characterised and their saturation states are not affected by pH variations during the 517 

ascent of thermal waters. On top of that, they are independent of uncertainties from the 518 

aluminium concentration of the waters. With respect to the rest of the minerals, albite 519 

provides a temperature of 81 ºC whilst clinochlore and dolomite slightly higher 520 

(probably because these last two minerals can still be affected by some uncertainties due 521 

to the order degree in the first case, and the variations in its composition and 522 

crystallinity in the second; Helgeson et al, 1978; Palandri and Reed, 2001). 523 
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In summary, the temperature range deduced for the samples in the low-sulphate group is 524 

101 ± 6 ºC and 92 ± 20 ºC for B1 and T1, respectively, and the temperature range 525 

predicted for sample T3 (as representative of the high-sulphate group) is somewhat 526 

lower, 84 ± 13 ºC. 527 

5. Discussion 528 

Combining the results obtained with the various geothermometrical techniques, the 529 

temperature in the reservoir deduced from each group is slightly different. 530 

Temperature in the low sulphate group is higher, about 90 ºC, and although the results 531 

show a more widespread temperature range than for the high-sulphate group, they are in 532 

a reasonable uncertainty range (± 20 ºC; Fournier, 1982 and Tole et al., 1993). The 533 

SiO2-quartz and K-Mg geothermometers predict slightly lower temperatures for sample 534 

B1 (68 and 66 ºC, respectively), which could be due to secondary processes (e.g. 535 

dissolution/precipitation) affecting silica and magnesium contents (D’Amore and 536 

Arnórsson, 2000). Anhydrite provides a high temperature (113 ºC) for sample T1 (with 537 

lower sulphate content probably due to sulphate reduction), whilst for sample B1 (with 538 

higher sulphate content), anhydrite reaches equilibrium also close to 90 ºC. Therefore, if 539 

the temperature indicated by anhydrite in sample T1 is not considered representative of 540 

the conditions at depth, the temperature range defined for the waters of the low sulphate 541 

group in the reservoir would be 90 ± 20 ºC. 542 

The good agreement of the results obtained with chemical geothermometers and 543 

geochemical modelling for the waters of the high-sulphate group suggests that the 544 

effects of secondary processes are not important and a lower temperature in the 545 

reservoir is indicated, 82 ± 15 ºC. 546 
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A remarkable finding is that equilibrium with albite and K-feldspar in the reservoir is 547 

evidenced with the geothermometrical modelling and the chemical geothermometers. 548 

This is not a common situation in low temperature carbonate-evaporitic systems. This 549 

equilibrium has been identified in some other “complex” carbonate-evaporitic system in 550 

which waters were also in contact with metasedimentary rocks (Marini et al., 2000), 551 

whilst other authors reported equilibrium with respect to albite but not with respect to 552 

K-feldspar in similar geothermal systems (e.g. López-Chicano et al., 2001; Boschetti et 553 

al., 2005). The possible explanation for this equilibrium in a carbonate-evaporitic 554 

systems is that the aquifer formations contain a significant amount of detrital material, 555 

as indicated by López Chicano et al. (2001), allowing the waters to reach the 556 

equilibrium with phases like albite, K-feldspar and other aluminosilicate phases, as also 557 

evidenced here in the geothermometrical modelling. 558 

Despite the compositional differences, the waters of both groups seem to have reached 559 

the equilibrium with the same mineral assemblage in the reservoir (calcite, dolomite, 560 

quartz, anhydrite, albite, K-feldspar and other aluminosilicate phases) and at quite 561 

similar temperatures. Therefore the compositional differences between the groups must 562 

be due to different extent of reaction with the evaporitic minerals and/or to the 563 

participation of additional reactions along the flow paths (as reflected in the Na/Cl and 564 

Ca/SO4 ratios). 565 

One of the main conclusions is that the equilibrium of these thermal waters with respect 566 

to anhydrite in the reservoir implies they must acquire the chloride-sodium/calcium-567 

sulphate composition at depth and not while ascending to surface, otherwise, this 568 

equilibrium would not exist. However, with the available data, it is not possible to 569 

certainly determine if the evaporitic rocks in contact with the waters in the reservoir are 570 

those of the Keuper facies or those of the Eocene-Oligocene limit. 571 
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Although the degree of knowledge of this system is not enough to quantify the different 572 

intensity in the water-rock interaction processes, two relevant issues can be discussed 573 

from these results: 1) the influence of halite dissolution in the chemical characteristics 574 

of the waters; and 2) the implications that the chemical character of these waters could 575 

have for CO2 storage in the reservoir formations. 576 

5.1. The influence of halite dissolution in the chemical characteristics of the 577 

waters 578 

The chemical characteristics of a water in equilibrium with a set of minerals are 579 

conditioned by the temperature and the pressure at which this equilibrium is attained; 580 

but they also depend on the concentration of elements not controlled by mineral 581 

equilibria such as chloride or sulphate, the mobile elements of Michard (1987). The 582 

influence of mobile elements, especially chloride, was recognised long ago by Helgeson 583 

(1970) and chloride has been considered as an independent master variable in 584 

determining the water composition in rock-buffered systems (Hanor, 2001). This 585 

importance has been verified in various types of geothermal systems (Michard, 1987; 586 

Michard and Bastide, 1988; Michard et al, 1996; Chiodini et al., 1991), in low 587 

temperature groundwaters in crystalline systems (Grimaud et al 1990; Trotignon et al, 588 

1999) and in saline waters in sedimentary basins (Hanor, 1994; 1996; 2001). 589 

The influence of the mobile elements are especially important in carbonate-evaporitic 590 

geothermal systems because the waters are likely to be in contact with halite and its 591 

dissolution will condition the chemistry of the waters in equilibrium with a specific 592 

mineral set. This influence has been tested in the Tiermas thermal waters using the 593 

reaction-path capabilities of PHREEQC (Parkhurst and Appelo, 2013). 594 
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The water composition in equilibrium with the identified set of minerals was 595 

reconstructed to represent the water in the reservoir before halite dissolution starts. To 596 

do that, equimolar amounts of chloride and sodium were subtracted from the solution, 597 

down to Cl- = 0 mol/L, while maintaining the other mineral equilibria (albite, K-598 

feldspar, quartz, anhydrite, calcite and dolomite) at the reservoir temperature (82 ºC in 599 

the case of the high-sulphate group and 95 ºC in the case of the low-sulphate group). 600 

From this theoretical solution, the effects of increasing the concentrations of chloride 601 

(and Na, through halite dissolution) on the rest of the chemical components controlled 602 

by the imposed mineral equilibria, can be discussed. The results obtained for all the 603 

samples are similar and therefore, only those from T3 are shown in Figure 7. 604 

The theoretical evolution of the concentration of the major elements in sample T3  is 605 

plotted in Figures 7a to 7d against chloride under the situation of equilibrium with the 606 

rest of the mineral set. The concentration of all these major elements (Na, K, Ca, Mg 607 

and sulphate), although controlled by that equilibrium situation at a constant 608 

temperature, increases with sodium and chloride (except for silica whose concentrations 609 

is almost constant, Figure 7b). 610 

Dissolved sulphate increases with chloride contents (Figure 7d) as anhydrite solubility 611 

is enhanced by the increase of salinity and, therefore, by halite dissolution: 612 

ሺ௛௔௟ሻ݈ܥܽܰ ൅ ܵܽܥ ସܱሺ௔௡௛ሻ → ܰܽା ൅ ି݈ܥ ൅ ܵ	ଶାܽܥ ସܱ
ଶି       (1) 613 

The increase in dissolved sodium promotes, in turn, the displacement of the albite-K-614 

feldspar equilibrium reaction towards the left, increasing the amount of dissolved 615 

potassium (Figure 7c): 616 

ଷ଼ܱሺ௔௟௕ሻ݈݅ܵܣܽܰ ൅ ାܭ ↔ ଷ଼ܱሺ௄ି௙௘௟ௗሻ݈݅ܵܣܭ ൅ ܰܽା         (2) 617 
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And the increase of dissolved calcium promotes the displacement of the calcite-618 

dolomite equilibrium reaction towards the left, increasing the concentrations of 619 

dissolved magnesium (Figure 7b): 620 

ଷሺ௖௔௟௖ሻܱܥܽܥ2 ൅ ଶା݃ܯ ↔ ଷሻଶሺௗ௢௟ሻܱܥሺ݃ܯܽܥ ൅  ଶା        (3) 621ܽܥ

The two last panels in Figure 7 (e and f) show the evolution of the elemental ratios 622 

Ca/Mg and Na/K. The corresponding activity ratios stay constant under the specific 623 

temperature in the calculations as they are controlled by the calcite-dolomite and albite-624 

K-feldspar equilibria, respectively (reactions 2 and 3); however, the elemental ratios 625 

show a different behaviour. The Na/K elemental ratio is also constant and near the 626 

corresponding activity ratio (aNa+/aK+ = 185) because these elements are almost 627 

unaffected by complexing and the free ion activity coefficients mutually cancel out 628 

(Chiodini et al., 1991). The Ca/Mg elemental ratio, however, is different from the 629 

activity ratio (aCa2+/aMg2+ = 1.59) and slightly increases with Cl- concentrations 630 

(Figure 7e; note the vertical scale) as these elements are more and differentially affected 631 

by the effect of complexation and activity coefficient calculations, which cause a 632 

deviation between the total contents and the activities (Chiodini et al., 1991). 633 

These results indicate that although the chemistry of the waters is mainly controlled by 634 

mineral equilibria at a given temperature, the concentration of mobile elements are, 635 

therefore, an important variable in the control of the water composition. In the case 636 

studied here, the mobile element participating in the control of the system is chloride. 637 

Nonetheless, in other systems in which sulphate is not controlled by equilibrium with 638 

anhydrite or gypsum, the concentration of this component may have an influence in the 639 

controlled elements of the waters. 640 
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5.2. Effects of the chemical characteristics of the water in a future CO2 641 

storage 642 

During the ALGECO2 project (IGME, 2010), a favourable tectonic and sedimentary 643 

structure for CO2 storage was identified in the studied area (the Leyre-Berdún structure; 644 

Suárez et al., 2014) in the Paleocene-Eocene carbonate rocks, which probably is the 645 

aquifer of the Tiermas thermal waters. If the features of the waters in that structure are 646 

similar to those deduced in the thermal waters, then some important conclusions about 647 

some plausible processes effective during the CO2 injection could be drawn. For 648 

example, in the vicinity of the injection well, the desiccation of the saline waters in 649 

contact with dry CO2 could easily induce the precipitation of carbonates and sulphates 650 

(Gaus, 2010; Gimeno et al., 2011; Gutierrez et al., 2011) as the waters at depth are in 651 

equilibrium with calcite, dolomite and anhydrite. In the long term, injection of CO2 will 652 

promote the acidification of the saline groundwaters, which will lead to the dissolution 653 

of carbonate minerals (calcite and dolomite). In this context, precipitation of sulphates 654 

(gypsum or anhydrite) may be triggered as the waters are in equilibrium with anhydrite 655 

(e.g. with high concentrations of dissolved sulphate). A similar situation has been found 656 

in the Spanish test site for CO2 geological storage, located at Hontomin (Burgos), in a 657 

limestone reservoir, also with sulphate-rich saline groundwaters in equilibrium with 658 

gypsum/anhydrite (García-Ríos et al., 2014).  659 

These processes involving carbonate and sulphate minerals are kinetically fast and their 660 

effects on the porosity and permeability of the reservoir rocks or in the well 661 

environment should be evaluated in future and more detailed site selection studies. 662 

6. Conclusions 663 
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Two hydrogeochemical groups of waters have been identified in Tiermas springs: a 664 

group with TDS about 7,500 ppm and low sulphate contents (low-sulphate group) and 665 

other with TDS close to 11,000 ppm and higher sulphate contents (high-sulphate 666 

group). 667 

The temperature of the waters in the reservoir has been determined by combining 668 

various chemical and isotopic geothermometers with geothermometrical modelling, and 669 

a reliable range of temperatures has been established. The temperatures predicted for the 670 

waters are also slightly different for each group; being 90 ± 20 ºC for the low-sulphate 671 

group and slightly lower 82 ± 15 ºC for the high-sulphate one. 672 

It is remarkable the good results obtained with some cationic geothermometers, such as 673 

the Na/K geothermometer, in a geothermal system of low temperature and hosted in 674 

carbonate-evaporitic rocks like the studied here. This unusual situation may be 675 

attributed to the presence of detrital rocks (silicate minerals) in the carbonate-evaporitic 676 

aquifer, which provides for equilibrium between albite and K-feldspar as found in the 677 

geothermometrical modelling. 678 

The two water groups are in equilibrium with the same mineral assemblage in the 679 

reservoir (calcite, dolomite, quartz, anhydrite, albite, K-feldspar and other 680 

aluminosilicate phases). However they show slight differences in the temperature at 681 

depth and in the concentration of some chemical elements, which suggests that each 682 

group of waters could represent a different flow path with different types and/or 683 

intensities of water-rock interaction processes. 684 

The influence of halite dissolution has also been evaluated and the results indicate that 685 

apart from temperature, chloride contents of the thermal waters have a significant 686 

influence on the concentrations of SO4, Na, K, Ca and Mg measured in these waters. As 687 
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demonstrated in the simulations presented here, if halite dissolution had occurred during 688 

the ascent of the thermal waters (without the influence of the mineral equilibria at 689 

depth) their chemical characteristics would be different. These results, along with the 690 

fact that anhydrite is included in the mineral assemblage in equilibrium in the reservoir, 691 

indicate that the waters should be in contact with an evaporitic facies in the reservoir 692 

and not during their ascent to surface.  693 

Finally, as a favourable structure for CO2 storage has recently been identified in the 694 

Paleocene-Eocene carbonates, the probable aquifer of the Tiermas geothermal system, 695 

the groundwaters studied here could be used as analogues to the waters in that site. 696 

Therefore, the results of this study are useful for understanding the main processes 697 

related to the CO2 injection and mixing with this type of water. Near the injection wells, 698 

the waters will desiccate causing the precipitation of calcite, dolomite and anhydrite, 699 

since the waters are in equilibrium with respect to these phases in the reservoir, 700 

affecting the porosity and permeability of the rocks. And in the long term, the water will 701 

acidify leading to the carbonate dissolution and sulphate precipitation. 702 
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Figure captions 1050 

Figure 1. Location of the Tiermas geothermal system and geological map of the area (modified from Oliva-Urcia et 1051 

al., 2012). 1052 

Figure 2. Cross section showing the general structure of the Jaca-Pamplona Basin and the location of Tiermas 1053 

Springs (modified from ALGECO2 project: http://info.igme.es/algeco2/; IGME, 2010). 1054 

Figure 3. δ2H – δ18O diagram showing the isotopic composition of sample T1, two samples from the Yesa Reservoir 1055 

(one taken in 1985 and the other in 2012, this last one still unpublished) and one sample from a borehole in Tiermas 1056 

from the study performed by Baeza et al. (2000). The Global Meteoric Water Line (GMWL), the Regional Meteoric 1057 

Water Line (RMWL) and Local Meteoric Water Line (LMWL) are also represented. 1058 

Figure 4. Location of all the samples in the Giggenbach diagram. The dotted line is calculated with the Na-K 1059 

Fournier (1979) calibration and with the Giggenbach (1988) one for Mg-K; the solid line is calculated with Na-K and 1060 

Mg-K calibrations of Giggenbach (1988). If the dotted line is considered, the samples of the group 2 are close of 1061 

being fully equilibrated. 1062 

Figure 5. Evolution with temperature of the saturation indices of the minerals supposed to be in equilibrium with the 1063 

water of samples T1 (a) and B1 (b) in the reservoir. These results were obtained after the theoretical CO2 addition to 1064 

compensate the CO2 outgassing during the ascent of the waters. The modelling for sample B1 (panel b) has been 1065 

performed by equilibrating the water with quartz and K-feldspar and therefore, they are not shown in the plot. 1066 

Dolomite-dis is disordered dolomite and Albite_low is low temperature albite.  1067 

Figure 6. Evolution with temperature of the saturation indices of the minerals supposed to be in equilibrium with the 1068 

waters of sample T3 in the reservoir. In this case the modelling has been performed by equilibrating the water with K-1069 

feldspar and that is why it is not shown in the plot. These results were obtained after the theoretical CO2 addition to 1070 

compensate the CO2 outgassing during the ascent of the waters. Dolomite-dis is disordered dolomite and Albite_low 1071 

is low temperature albite. 1072 

Figure 7.Variation of the concentration of major elements (Na, Mg, Ca, Si, K and SO4, panels a to d) and of the 1073 

ratios Ca/Mg and Na/K (as total element concentrations; panels e and f) in sample T3 with the variation of the 1074 

dissolved chloride in the waters at 82 ºC and maintaining the mineral equilibria that exist in the reservoir (albite, K-1075 

feldspar, quartz, anhydrite, calcite and dolomite). The grey dots in all the plots represent the chemical composition of 1076 

sample T3. 1077 
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