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Abstract

Stress accumulation in the subducting lithosphere is responsible for Wadati-Benioff
zone seismicity observed worldwide. Stresses are generated by mechanisms such as
slab pull and slab resistance, bending and unbending, thermal expansion, and the
basalt to eclogite phase transformation. These in turn are influenced by plate age,
dip angle, plate velocity, rollback velocity, and slab curvature. The resulting patterns
of seismicity are complex and double or triple seismic zones are often observed. To
investigate the accumulation and dissipation of stress in the subducting lithosphere
that generates such multi-layered features, I use two independent but complementary
models.

The 2D model uses coupled finite element thermal and mechanical solvers, and a
viscous rheology with a yield stress. The model has kinematic boundary conditions,
but dynamic driving forces. I investigate the development of stress within the litho-
sphere and its sensitivity to slab age, megathrust geometry and dip, plate velocity, and
rollback velocity. The model generates realistic magnitudes of trench dynamic topog-
raphy, and predicts double and triple layers of stress within the slab that correlate to
observations.

The 1D model represents a vertical segment of oceanic lithosphere, following it in a
Lagrangian manner as it is subducted. The rheology is viscoelastic, and includes tem-
perature and stress dependence, stress memory, and stress advection. A simple finite
difference scheme couples this viscoelasticity with kinematic thermal conditions. The
model determines stresses arising from slab pull, slab bending and unbending, the
basalt to eclogite transition and thermal stresses, and predicts downdip bands of ten-
sile and compressive stress consistent with observations of double and triple seismic
zones.

Together, the models investigate the development of stresses in the subducting
lithosphere and their sensitivity to various parameters. Both models are applied to
the specific examples of north Chile and northeast Japan, generating stresses using
estimated parameter values. Both models predict intermediate depth seismicity to
be dominated by slab unbending, due either to prior bending, or to circulation in the
mantle wedge. Both models also predict an additional band of tension in the slab crust
due to decoupling or phase transition, which can occur at intermediate depths. These
results are in agreement with the majority of observation of double and triple Wadati-
Benioff zones; double seismic zones that have an alternative stress pattern may show

the top two, or top and bottom, bands of a triple layered structure.
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Chapter 1
Introduction

Nearly a hundred years have passed since the first observations of Wadati-Benioff
zone seismicity, yet the mechanisms of stress accumulation and dissipation that gen-
erate such seismicity remain enigmatic. The subduction of the oceanic plate into the
mantle causes seismicity by frictional sliding at shallow depths, but this failure is in-
hibited by high confining pressures below approximately 50km depth. The causes of
seismicity beneath this depth has subsequently been the subject of much speculation.

The earthquakes caused by subduction of the oceanic lithosphere are among the
most devastating natural disasters known to man, costing dearly in terms of destruc-
tion and loss of life. The better the causes and triggers for seismicity are understood,
the more hope there is for developing accurate predictions and early warning systems
to mitigate such catastrophes.

Understanding what processes cause Wadati-Benioff zone seismicity is also an im-
portant facet of our knowledge about the Earth and its structure. Seismicity is the
end result of a multitude of interacting components, including force balance, rheol-
ogy, driving conditions, temperature, and mineralogy, so investigation in one area of
research such as subduction zone seismicity contributes to the understanding of the

Earth system as a whole.

Improvements in pinpointing the location of earthquakes has revealed that a num-
ber of subduction zones worldwide have their seismicity organised into two or three
distinct bands (Hasegawa et al., 1978; Igarashi et al., 2001). Focal mechanisms indi-
cate that the stresses in these bands are usually aligned downdip, and are of opposite
polarity. The most common stress pattern of double Wadati-Benioff zones is compres-
sion over tension (Kao and Rau, 1999; Brudzinski et al., 2007), although observations
from some seismic zones show tension over compression (Comte and Suarez, 1994) or
tension in both bands (Rietbrock and Waldhauser, 2004; Brudzinski et al., 2007). The



seismicity beneath northeast Japan shows a triple layer structure, where the common
double seismic zone pattern of compression over tension has an additional layer of
tensile stresses located in the slab crust (Igarashi et al., 2001). The existence of these
multi-layered structures under so many different conditions indicates that they are a
fundamental feature of subduction.

There are many theories about the causes of double and triple seismic zones, based
on the various possible mechanisms of stress accumulation and dissipation. Stresses
are generated by body forces and deformation in the slab, including buoyancy, bend-
ing, and changes in volume with temperature or mineralogy, and the viscoelasticity of
the slab means the stresses accumulate through stress memory and are advected with
the slab. Earthquakes are generated when these stresses are dissipated seismically, via
mechanisms such as dehydration (Green and Houston, 1995; Kirby et al., 1996), shear
instabilities (Ogawa, 1987; Karato et al., 2001), or transformational faulting (Kirby,
1987; Green and Burnley, 1989). Any hypothesis about the causes of Wadati-Benioff
zone seismicity also needs to account for the separation between the bands of stress
and the restriction of seismicity to intermediate depths. This is often attributed to
the thermal state of the slab (House and Jacob, 1982), but there remains disagreement
about the details (Molnar et al., 1979; Wiens and Stein, 1983; Kirby, 1995).

The accumulation of stresses in the subducting lithosphere leads to Wadati-Benioff
zone seismicity; these stresses are generated by slab pull and slab resistance, bend-
ing and unbending, thermal expansion, and the basalt to eclogite transition. These
are in turn influenced by subduction convergence rate, dip angle, plate age, rollback,
curvature rate, temperature, mantle viscosity, and deeper phase transitions. To inves-
tigate how these stresses develop and interact, and how such stress interactions lead to
double and triple seismic zones, I have developed two complementary computational
models.

The first model is two-dimensional, covering a domain 6,000km wide and extend-
ing from the Earth’s surface to the core-mantle boundary. The rheology is dependent
on temperature and stress, and incorporates diffusion creep, dislocation creep, and a
yield stress. Kinematic boundary conditions such as convergence rate and rollback
are externally applied, but temperature-dependent viscosity and density control the
system internally.

The second model is one-dimensional and represents a vertical slice of lithosphere,
following its development in a Lagrangian manner as it is subducted. It has a vis-
coelastic rheology which is temperature and stress dependent, and includes stress
memory and stress advection. The model calculates stresses arising from slab pull,
bending and unbending, thermal expansion and the basalt-to-eclogite transition, and
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the redistribution of stresses due to creep and brittle failure.

Using these two models I investigate the development of the subducting litho-
sphere, looking at how double and triple layers of stress can form in the slab. The
sensitivity of the models to the parameters of slab age, dip angle, plate velocity, roll-
back velocity, and slab curvature is explored, looking at how variations in these affects
outputs such as stress pattern, slab shape, and dynamic topography. Then both mod-
els are applied to the case studies of north Chile and northeast Japan to try and repli-
cate observations. Using the models to predict stresses and comparing these results to
observations, the causes of double and triple Wadati-Benioff zones are explored.



Chapter 2

Seismicity in Wadati-Benioff Zones:

background and context

2.1 Introduction

Two historic papers by Wadati in the early twentieth century provided the foundations
for research into the field of subduction zone earthquakes. In the first paper, seismic
observations and geometry were used to show that some earthquakes recorded at sta-
tions in Japan originated hundreds of kilometers below the surface (Wadati, 1928). In
the second paper, he demonstrated that this seismic activity occurred in sloping planes
reaching from the ocean trenches down to 660km (Wadati, 1935). Twenty years later
in America, drawing on the database of seismic events published by Gutenberg and
Richter, Benioff also plotted earthquakes as a function of depth, revealing the same
sloping structures extending deep into the earth (Benioff, 1954) as shown in figure
2.1. These bands of seismicity are now known as Wadati-Benioff Seismic Zones. De-
spite these zones being identified and named, their significance was not immediately

realised.
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Figure 2.1: Wadati-Benioff zones from South America and Kuril-Kamchatka (Benioff,
1954)



The 1964 earthquake in Alaska was the largest earthquake ever to be recorded in
America. An uplift of of several metres over an area of 60,000 square kilometers gave
one of the first solid pieces of evidence for the underthrusting of the oceanic plate
beneath the continental plate (Plafker, 1965). Further work into the location of earth-
quake hypocentres confirmed that the observed seismicity was indicative of a large
scale structure reaching down more than 650km below the Earth’s surface (Sykes,
1966).
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Figure 2.2: Seismicity defining a double-layered Wadati-Benioff zone in Tohoku,
north-east Japan (Hasegawa et al., 1978)

Improvements in observational techniques led to better resolution of earthquake
hypocentres, and more details of the seismic zone became clear. The improved fo-
cal mechanism plots revealed that some Wadati-Benioff zones were in fact split into
two layers, as shown in figure 2.2 (Hasegawa et al., 1978), where the upper layer is
at the top of the slab, and the lower layer is deeper in the slab and runs parallel.
Stress analyses show that in the majority of these double seismic zones the upper
plane is in downdip compression and the lower layer in is downdip tension (Fujita
and Kanamori, 1981). Further improvements in focal mechanism resolution have re-
vealed the double seismic zone beneath Japan to be a triple seismic zone, as shown in
figure 2.3, where an additional layer of downdip tension is apparent at the top of the
slab (Igarashi et al., 2001). The origin of these double and triple Wadati-Benioff Zones
is still unclear, and this thesis is presented as a numerical investigation into the stress

accumulation and dissipation leading to such seismicity.

2.2 Stress patterns in seismic zones

The direct cause of seismicity in the subduction zones is the release of stresses in the

subducting slab. At convergent plate boundaries, the stick-slip movement of one plate
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Figure 2.3: Triple-layered Wadati-Benioff zone in north-east Japan (Igarashi et al., 2001;
Wang, 2002).

against another causes earthquakes at the surface; however, below about 50km depth
lithostatic pressure is too high to permit any further frictional sliding. Yet seismicity in
subduction zones extends from the surface down to nearly 700km, demanding alter-
native explanations. Slab pull, slab resistance, bending, unbending, thermal stresses
and metamorphism have all been cited as means of generating stress in the slab; de-
hydration, thermal instabilities and transformational faulting have been proposed as
ways of producing seismicity from these stresses. These are summarised in table 2.1.

Stress accumulating mechanisms | Stress dissipating mechanisms

Slab pull, slab resistance Dehydration

Bending, unbending Thermal instabilities
Thermal stresses Transformational faulting
Metamorphism

Table 2.1: Stress accumulating and dissipating mechanisms

Early analyses of focal mechanisms suggested that slabs sinking under their own
weight tend to have stresses in downdip tension until they reach greater depths, where-
upon resistance is encountered and the stresses become downdip compression, as
shown in figure 2.4 (Isacks and Molnar, 1971; Chen et al., 2004). Further investiga-
tion along these lines supported these observations, showing that compressional stress
in the slab increases with convergence rate, and decreases with slab age. Many sub-
duction zones that were recognised as having ‘mixed’ stress states were revealed to
be double and triple seismic zones by improved observations (Fujita and Kanamori,
1981).
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Figure 2.4: Stress states indicating stage of subduction (Isacks and Molnar, 1971)

2.2.1 Stresses within double and triple seismic zones

Most double seismic zones follow the same stress pattern: downdip compression in
the upper band of seismicity, and downdip tension in the lower band (Sleep, 1979; Fu-
jita and Kanamori, 1981), for example, Japan (Hasegawa et al., 1978), Tonga (Kawakatsu,
1986), Mariana (Samowitz and Forsyth, 1981), Aleutians (Engdahl and Scholz, 1977),
Kuril (Kao and Chen, 1994) and Kamchatka (Gorbatov et al., 1994).

| Stress pattern | Region |

- Downdip compression in upper band, | NE Japan
downdip tension in lower band Tonga
Mariana
Kuril
Kamchatka
N Chile
Downdip tension in both planes Alaska
Taiwan
Mendocino
New Zealand
New Britain
N Chile

Table 2.2: Stress patterns in different double seismic zones

However, there are a number of double seismic zones which are characterised by
downdip tension at intermediate depths for both upper and lower seismic bands, in-
cluding Alaska (Ratchkovsky et al., 1997), Taiwan (Kao and Rau, 1999), New Zealand
(Reyners and Robinson, 1997), New Britain McGuire and Wiens (1995), and Mendo-
cino (Smith et al., 1993).

Additionally, the subduction zone beneath the central Andes has been reported

as having a stress pattern of tension over compression (Comte and Suarez, 1994) or
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extension in both planes (Rietbrock and Waldhauser, 2004). The occurrence of double
seismic zones despite a variety of stress patterns indicates a trigger for seismicity that
exists regardless of stress state. These results are summarised in table 2.2.

The seismic zone of northeast Japan shows three distinct bands of seismicity: nor-
mal faulting in the very top band, downdip compression 5-20km below, and downdip
tension 40km below that (Igarashi et al., 2001). Any explanation of the origins of dou-
ble seismic zones needs to be able to account for the differences between observed

stress patterns, and the rarer occurrence of triple seismic zones.

2.3 The depth dependency of seismicity

The mechanisms of stress accumulation and dissipation in the subduction zone are
heavily dependent on ambient conditions of pressure and temperature, which are pri-
marily controlled by depth. Subduction zones are usually divided into three depth
ranges: shallow (0-50km), intermediate (50-300km), and deep (300-700km). In a plot
of earthquake frequency against depth (figure 2.5), there is a peak at shallow depths,
followed by a decrease in seismicity through intermediate depths to a minimum at

300km, then a small resurgence in activity peaking at about 550km.

5.0

LogN

LLHHH o

400 500 600 700
Depth (km)

0 100

Figure 2.5: The relationship between earthquake frequency and depth (Vassiliou et al.,
1984)



At shallow depths, seismicity is due to stick-slip behaviour between the downgo-
ing and overriding plates. This frictional sliding ends when the ambient temperature
and pressure become too high, at about 50km; any seismicity below this point is due to
failure within the subducting slab (Kirby et al., 1996). Double seismic zones are prin-
cipally a feature of intermediate depth seismicity, although some have been reported
to extend as deep as 460km in exceptionally cold slabs (Wiens et al., 1993).

2.4 The role of temperature in seismicity

The lithosphere is created from hot upwelling material at mid-ocean ridges and sub-
sequently cools as it ages and moves away from the ridge. At the point of subduction,
the older the slab is, the colder it will be. Figure 2.6 shows some typical geotherms for
the oceanic lithosphere. As it subducts back into the hot mantle, the slab will begin to
heat up through conduction. The faster the cool material is advected into the mantle,
the deeper the cold slab geotherms will penetrate into the mantle. The temperature
of the subduction zone is therefore dominated by the two parameters of plate age and
subduction velocity (McKenzie, 1969; Molnar et al., 1979).
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Figure 2.6: A range of oceanic lithosphere geotherms from the models of Stein and
Stein (1992). The upper solid line is for a lithosphere of approximately 100Myr, the
lower solid line for 150Myr

A plot of the isotherms across the subduction zone indicates a strong relationship
between seismicity and thermal structure (figure 2.7). Intermediate depth seismicity
only occurs in regions which are cooler than about 600°C (Wortel, 1982; Chen and



Molnar, 1983) or 800°C (Wiens and Stein, 1983). The origin of this temperature con-
straint upon the regions of seismicity is still controversial. It has been proposed that
this temperature is the point at which the material enters the viscous regime where it is
unable to retain stresses (Molnar et al., 1979), or is rapidly weakened (Wiens and Stein,
1983). Alternatively, it marks the maximum temperature of phase transformation or
dehydration (Kirby, 1995).
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Figure 2.7: The relationship between plate age, temperature, and maximum depth of
seismicity. (Wiens and Stein, 1983)

Double seismic zones appear on either side of the cold core of the subducting slab
and converge at depth, which coincides well with the slab isotherms. There is also a
relationship between the separation of the bands and the age of the plate, shown in
figure 2.8 (Brudzinski et al., 2007), due to the dependency of the thermal state of the

slab upon the plate age at the time of subduction.

2.5 Stress accumulation in the subducting slab

2.5.1 Slab pull and slab resistance

The subducting slab is colder and thus denser than the mantle, and this negative buoy-
ancy makes the slab sink; this downward force is known as slab pull (McKenzie, 1969).

10
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Figure 2.8: The relationship between plate age and double seismic zone separation
(Brudzinski et al., 2007)

If the mineralogy of the slab changes through metamorphism, the density and there-
fore the slab pull is affected too.

Forsyth and Uyeda (1975) find slab pull to be the most important force acting on
the slab, followed by its opposing force, slab resistance. Slab resistance arises from the
increase in mantle viscosity with depth, making it increasingly difficult for the slab to

subduct.

2.5.2 Bending and unbending in the slab

The subducting slab is required to bend at the surface so that subduction can begin;
it then unbends at depth. The large stresses this causes have frequently been cited as
the origins of double Wadati-Benioff zone seismicity as the stresses associated with
unbending - compression on top, extension underneath - correlate to the stress pat-
terns observed in most double seismic zones (Engdahl and Scholz, 1977). However,
the seismic zone is seen to continue even after the slab has finished unbending (Fujita
and Kanamori, 1981), but if the slab is viscoelastic and retains a stress memory this is

still a plausible mechanism for seismicity deep in the mantle (Wang, 2002).

2.5.3 Thermal stresses in the slab

As soon as the cold slab enters the mantle, it begins to heat up. The expansion of
the material due to the increase in temperature induces thermal strains, and the non-
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uniformity of this expansion causes deformation.

The thermal structure of the subduction zone is also important in terms of miner-
alogy. Temperature and pressure govern mineral density, grain size, and transforma-
tion, which directly affects viscosity and density, and therefore buoyancy and slab pull
(Guest et al., 2003).

The termination of seismicity at depth and the merging of the layers in a double
seismic zone has been attributed to thermal stresses which are dependent upon slab
temperatures (House and Jacob, 1982), but it seems that the associated strain rates
alone are too small to account for the stress release observed in double seismic zones
(Wang, 2002).

2.5.4 Metamorphism in the slab

The metamorphism of minerals in the subducting slab can cause stresses in two dif-
ferent ways. First, phase changes such as the basalt to eclogite transition in the sub-
ducting oceanic crust are associated with a decrease in volume, which in a continuous
medium will lead to deformation, inducing deviatoric tension in the crust and devia-
toric compression in the lithosphere. Second, a decrease in volume implies an increase

in density, increasing slab pull (Kirby et al., 1996).

2.6 Stress dissipation in the subducting slab

Various mechanisms have been invoked to explain the observed stress patterns in
double seismic zones. The “classic” stress pattern of compression in the upper band
and tension in the lower band has often been attributed to the unbending of the slab
(Sleep, 1979) following the severe bending at subduction initiation. The transition of
basalt to eclogite would induce tension in the crust and compression in the mantle
(Kirby et al., 1996). Similarly, the phase transformation of olivine to spinel to per-
ovskite would induce localised tension due to the associated volumetric reduction
(Guest et al., 2003). If subduction zone seismicity extends to great depths, it is of-
ten associated with downdip compression due to the resistance of the highly viscous
lower mantle; conversely, if the seismicity is shallow or discontinuous, it is usually
associated with downdip tension due to the negative buoyancy of the slab (Isacks and
Molnar, 1971; Chen et al., 2004). But these are all mechanisms of stress accumulation
and each is insufficient to cause observed seismicity in the slab; with no other mecha-

nism involved they would simply produce ductile deformation.
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2.6.1 Transformational faulting

A change in the temperature and pressure conditions of a mineral often means a
change in phase, for example, the transformation of olivine to wadsleyite at the 410km
discontinuity. Observations of transformations in ice and tremolite indicate that in cer-
tain circumstances this transformation may occur instantaneously with an associated
stress drop, which has become known as transformational faulting (Kirby, 1987). Since
these transformations are facilitated rather than inhibited by high pressure it has been
suggested that transformational faulting could explain intermediate and deep seismic-

ity.

Figure 2.9: Comparison of mode I cracks and anticracks. The diagram shows (a) a
crack, (b) an empty anticrack, (c) transformation of a material involving an increase
in volume (d) transformation of material involving a decrease in volume, producing a
filled anticrack (Green and Burnley, 1989)

The prerequisite for transformational faulting is the existence of a meta-stable olivine
wedge at the core of the cold subducting slab (Kirby et al., 1991). The low temperature
means the olivine is transported deeper than would be stable at equilibrium tempera-
tures, but as it warms up it begins to change phase (Green and Houston, 1995). Under
this hypothesis, the end of seismicity at 660km is accounted for by end of transforma-
tion of olivine to spinel (Kirby, 1995).

In the initiation of transformational faulting, lenses of the new denser phase form
within the old phase; called anticracks, they have a similar geometry but opposite
stress sign to cracks, as shown in figure 2.9. Instability comes about through a high
density of anticracks, leading to failure if the anticracks join up (figure 2.10), if heat
is released and drives the reaction (Green and Burnley, 1989), or if the transformation
propagates at the lens tips (Kirby, 1987).

Transformational faulting has been claimed to be the source of intermediate depth
seismicity (Kao and Liu, 1995), but other analyses show that of the two possible reac-
tions this would involve, the transformation of aluminous enstatite occurs too slowly,
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Figure 2.10: Transformational faulting (Karato, 2003).

and the transformation of olivine occurs at too great a depth (Hacker et al., 2003).
Aftershocks and repeating seismicity are difficult to explain with transformational
faulting, since transformation can only occur once (Karato et al., 2001); there is also
evidence of aftershocks occurring beyond the bounds of the predicted olivine wedge
(Wiens et al., 1994).

2.6.2 Dehydration

Dehydration embrittlement is a mechanism which is proposed to facilitate brittle fault-
ing at intermediate depths. When hydrated minerals in the oceanic lithosphere are
subducted, at some point the temperature and pressure conditions will cause them
to dehydrate. The fluid released in the reaction increases pore pressure, reducing the
amount of shear stress needed for the rock to fail (Raleigh, 1967), enabling brittle fault-
ing under conditions that might otherwise be expected to produce ductile flow (Green
and Houston, 1995; Kirby et al., 1996). This can be written

T =170+ (o, — P) (2.1)

where 7 is shear stress at failure, 7, is cohesive stress, y is the coefficient of friction,
0, is normal stress, and P is pore pressure; hence when normal stress approaches the
pore pressure, the shear stress tends towards the cohesive stress (Raleigh and Paterson,
1965; 11, 2007).

The dehydration reaction occurring in the upper layer of double seismic zones is
usually ascribed to the basalt to eclogite transition (Kirby et al., 1996, Hacker et al.,
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2003; Brudzinski et al., 2007). In the lower layer, the reaction has been suggested to be
the dehydration of antigorite (Peacock, 2001; Brudzinski et al., 2007), chlorite (Hacker
et al., 2003) or mantle serpentine (Hacker et al., 2003; Yamasaki and Seno, 2003). But
the increase in pore pressure in itself is not enough to cause seismicity; it is merely a
mechanism which allows stresses to cause brittle failure rather than ductile deforma-
tion.

Kirby et al. (1996) attributes the upper band of double seismic zones to the de-
hydration of basalt to eclogite, which increases pore pressure and decreases volume,
causing extensional stresses in the crust and compression beneath. Wang (2002) pro-
poses that this metamorphism is the cause of the very top band in triple seismic zones,
and the lower two bands (the two bands seen in double seismic zones) are due to un-
bending in the presence of dehydration, producing a band of compression above a
band of tension in accordance with the majority of observations. Rietbrock and Wald-
hauser (2004) cite the interaction of slab pull with dehydration to be the cause of the
double seismic zone beneath the central Andes, which shows downdip extension in
both layers.

Dorbath et al. (2008) has another interpretation for the lower band, proposing that
tensile stresses below the neutral fibre of the slab force fluids upwards but they are
unable to enter the compressive region above, therefore they collect at the neutral fi-
bre, causing seismicity that can show either extension or compression depending on
the local conditions, particularly the radius of curvature. However, by definition the
neutral fibre is a minimum in the local stress regime, a condition unlikely to promote
seismicity.

One of the main difficulties of the dehydration hypothesis is how the minerals
are able to be hydrated in the first place. The hydration of minerals in the shallow
oceanic crust likely occurs through exposure to sea water through pre-subduction
faulting (Kirby, 1995); however, the hydration of minerals 40km deeper in the oceanic
lithosphere is more difficult to explain. There are two main proposals: deep normal
faulting at the site of slab bending allows seawater to penetrate (Peacock, 2001; Kirby,
1995), or the slab is hydrated from beneath when it passes over a hydrated plume
(Seno and Yamanaka, 1996), although both are theories unsupported by observations

at this point.

2.6.3 Shear Instabilities

A third proposed mechanism for intermediate-depth seismicity is shear instability. In

many materials, viscous heating and temperature-dependent viscosity positively in-
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fluence each other (Schubert and Turcotte, 1972), causing deformation and possibly
failure.

Catastrophic shearing is one way in which failure may occur; as a mechanism for
stress release it originates from metallurgy, but it may be equally appropriate to apply
it to the subducting lithosphere. Hobbs and Ord (1988) proposed that a critical tem-
perature exists which defines the boundary between strain rate softening and strain
rate hardening. Above the critical temperature the material is stable; below it, a fluc-
tuating strain rate causes weakening of the material, leading to catastrophic plastic
shear and causing earthquakes. Whether this is a plausible process under subduction
zone conditions is as yet unconfirmed.

An alternative to plastic shearing is thermal runaway (Ogawa, 1987; Karato et al.,
2001). High strain rates cause deformation, which releases heat in the material. How-
ever, if the heat is unable to diffuse away quickly enough, the rise in temperature low-
ers the viscosity, weakening the material and making it susceptible to further defor-
mation. Above critical values of temperature and strain rate, this causes catastrophic
failure (Kelemen and Hirth, 2007; John et al., 2009).

Thermal runaway instability is cited as the cause of the deep-focus 1994 Bolivian
earthquake (Kanamori et al., 1998), but has also been applied to intermediate-depth
seismicity. The presence of narrow veins of psudotachylite in blueschist to eclogite
facies supports thermal runaway as a failure mechanism (Andersen et al., 2008); es-
timates of stress drops are in the right region, easily achieving 750MPa in a few mil-
liseconds (John et al., 2009). The favourable conditions for such instabilities are large
deformation in areas of high strength and low temperature, and so the presence of
such conditions being found on either side of the cold core of the slab could implicate

thermal runaway in the production of double seismic zones (Karato et al., 2001).

2.7 Investigating stress accumulation and dissipation with

numerical modelling

One of the most useful methods of investigation into how stresses accumulate and
dissipate within a subducting slab is through numerical modelling.

A study by Kaus et al. (2009) models the Taiwanese subduction zone to predict
the long-term stress state. Although visco-elastic-plastic code is used, the elasticity is
ignored, giving a visco-plastic rheology. Temperatures are taken from a static profile
calculated from the cooling plate model. The bending of the subducting plate together

with a weak lower crust explains the observed and predicted extensional stresses, but
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a double stress zone was not reported.

Babeyko and Sobolev (2008) study the subduction zone with a 2D visco-elastic-
plastic thermomechanical model. They use a "zoomed-in’ version of a previous model
(Sobolev and Babeyko, 2005), where the domain is 350km wide by 160km deep with
an increase in resolution to 5-10km. This small window, however, renders the model
very much kinematic: boundary conditions at the edges of the domain are enforced
to simulate plate advance via rollback and slab pull. With a combined rheology of
diffusion, dislocation, and Peierls creep, double and triple bands of stress are observed
with values up to 1.5GPa, which are attributed to slab unbending.

Similar kinematic boundary conditions are also applied to the restricted domain
of Dorbath et al. (2008), which is 1800km wide by 300km deep and investigates the
subduction of the Nazca plate beneath north Chile. They use an elastic-viscous-brittle
rheology, and a stratified model with different parameters for each layer. A steady-
state temperature condition is used, as the model only runs for 2Myr. The pressure and
stress plots for the subducting slab show a double-layer feature, where both layers are
attributed to dehydration. They locate the upper band in the slab crust and the lower
band in the neutral core where they postulate fluids to accumulate, and predict lower
plane seismicity to exhibit a range of focal mechanisms. However, some observations
do not support these predictions (Rietbrock and Waldhauser, 2004), and the low stress
regime of the neutral core seems unlikely to promote seismicity.

Cizkové et al. (2007) use a two-dimensional visco-plastic model with a much larger
domain of 2,000km deep, and either 5,000km or 12,000km wide. Subduction is initi-
ated using kinematic boundary conditions until the slab tip reaches 200km, then the
models are run with either kinematic or free slip surface conditions. In the free-slip
models, the slab sinks at speeds around 10cm/yr until the tip passes the 410km phase
transition, after which it moves at speeds up to 38cm/yr. In the interests of comparing
similar models, these velocities are imposed onto the slab in the kinematic models,
however, they are far beyond any slab velocities observed in nature. Double stress
zones are apparent in all their models and attributed to slab bending and unbending
together with buoyancy forces due to phase transitions, although these do not occur
at intermediate depths and the pattern is dependent on the model setup. Decoupling
between the subducting and overriding plates is achieved through the use of a free-
slip fault from the surface to 150km depth, and a low viscosity slab crust leading into
a low viscosity mantle wedge which ends at 190km depth. Although full decoupling
occurs, enforcing such conditions to these depths may exert too great an influence on
the slab behaviour.

These models all examine subduction in different ways to investigate the causes
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of stress in the lithosphere, but only Cizkové et al. (2007) evolves temperature with
time. In a situation where the temperature-dependent rheology is so important, the
temperature profile has a strong influence on the total stress state. Also, none of the
models domains are deeper than 2,000km and some are as shallow as 160km, which
is also likely have an effect on the predicted stresses through the interaction between
the slab and the lower mantle. A model that can incorporate an evolving temperature
structure into a thermo-mechanical model, and combine this with a realistic viscosity
structure that reaches down to the core-mantle boundary would therefore be a useful

addition to the current research outlined here.
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Chapter 3

Modelling stress development in the
subducting lithosphere using the

two-dimensional viscous model

3.1 Introduction

Subduction zones are an integral part of the mantle convection system, and the source
of the largest and most destructive earthquakes that occur; therefore an understanding
of subduction zone initiation and development, and the processes that cause seismic-
ity, is an important area of geodynamics. The physical inaccessibility and the large
time scale of subduction mean that direct observations are limited, but numerical
modelling can provide insights into physical processes that would otherwise be un-
obtainable.

The earliest subduction models used small domains with low resolution and sim-
ple numerical techniques (Andrews and Sleep, 1974; Toksoz and Hsui, 1978; Sleep,
1979). With the advancement of knowledge in geodynamics, increasingly sophisti-
cated computational methods, and the rise in desktop computing power, modelling
has become an important subset of subduction zone studies. Models can be formu-
lated to study large-scale processes such as mantle convection (Tackley, 2000; Billen
and Gurnis, 2001), or small-scale specifics like plate decoupling depths (Wada and
Wang, 2009) and the effects of slab mineralogy (Marton et al., 1999).

The vast array of models used to study subduction zones is a testament to their
usefulness. An overview of types of models is presented here, followed by the for-
mulation of my two-dimensional viscous model, including a discussion of important

parameters and their effects on subduction.
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3.1.1 Types of model

Subduction zone models can be constructed to study a broad range of features, and
there are certain fundamental parameters such as dimension, reference frame, driving
force, and numerical method which will influence the modelling approach.

Subduction zone models are generally performed in one, two, or three dimensions,
plus time. One dimensional models require many assumptions and give a limited pic-
ture of the system under consideration, but are usually the easiest to implement and
therefore can often be performed at very high resolution and with a complex rheol-
ogy. Three dimensional models can give the best representation of the system as a
whole, but computing restrictions and mathematical complexities mean they are of-
ten restricted on resolution and rheology. Two dimensional models are a compromise;
they can provide a good understanding of the subduction zone system but can still
operate with high resolution and complex parameters.

Models are generally either Eulerian or Lagrangian. Models set in the Eulerian ref-
erence frame have boundary conditions that are usually easier to initialise, although
creating truly free surfaces is a challenge (Schmeling et al., 2008). Models using the La-
grangian frame of reference are better for implementing a free surface, and more accu-
rate at material boundaries because the mesh dividing up the model is advected with
the material, so interpolating between time steps is not necessary (Deubelbeiss and
Kaus, 2008). The drawback of the mesh advection is that remeshing is often needed,
which is computationally expensive and introduces inaccuracy.

The choice between dynamic and kinematic models is also quite important. Kine-
matic models have imposed velocity conditions, driving the system according to pre-
determined parameters (Ponko and Peacock, 1995; Dorbath et al., 2008). Dynamic
models impose the initial conditions for a system but then allow it to evolve in an in-
ternally self-consistent way (Gurnis and Hager, 1988; Capitanio et al., 2007). Han and
Gurnis (1999) investigated these two types of model and found them to be very similar
except that their kinematic model introduced significantly more work into the system,
although other studies have not found such good agreement (Cizkova et al., 2007).

One of the most popular numerical methods for solving the partial differential
equations describing a model is the finite difference method (Majumdar, 2005; Guest
et al., 2004; Dorbath et al., 2008). The domain is covered with a regular rectangular
grid, specifying function values at each node. The difference between nodal values
gives an approximation to the derivative, so the differential equations can be solved.
This method is discussed in more detail in chapter 5. The other most common method
is the finite element method (Zienkiewicz et al., 2005; Dabrowski et al., 2008; Capi-
tanio et al., 2007). Here the domain is divided into discrete elements, each of which
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obey global equations and local conditions, then the governing differential equations
are solved for each element. This method is covered more fully in section 3.2.3.

The work discussed in this chapter and chapters 4, 7 and 8 is based on my two-
dimensional thermo-mechanical finite element model, which is Eulerian and pseudo-
dynamic. I first discuss the general theory behind the finite element method, then the
details of the parameters I use in my model in the context of subduction modelling as

a whole.

3.2 Thermo-viscous model formulation

3.2.1 Constitutive equations

The 2D thermo-viscous subduction model predicts the flow of a viscous, incompress-
ible fluid that convects according to its temperature-dependent viscosity and density.
The thermal part of the model uses the thermal advection-diffusion equation, which

can be written )
or 1

ot pC,
where T is temperature, C, is specific heat capacity, k is is thermal conductivity, and v
is the velocity vector (Turcotte and Schubert, 2002). The viscous flow of the material

V.(kVT) — v.VT (3.1)

obeys the incompressibility condition, so the conservation of mass can be written
V-v=0 (3.2)

Assuming a viscous rheology and force balance, the Navier-Stokes equation can be

written as

P (% tu- Vt_) =-VP+yVu+F (3.3)

where p is density, ¢ is time, v is velocity, P is pressure, 1) is viscosity, and F'is the body

force.
The stress ¢ in a fluid can be found from

(3.4)

M.

g =1

where 7 is the viscosity and ¢ is the strain rate. The total stress is the sum of the

pressure and the deviatoric stresses,

oij = Tij — Pijoy (3.5)
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where 7 is deviatoric stress, and ¢ is the Kroneker delta. This can be written in tensor

Oxx  Oxy .
Oyx  Oyy

The deviatoric stresses are found from the product of the viscosity and the rate of

form as
Tex — P Tay

3.6
B (3.6)

Ty

deformation,
Ti; = NDjj (3.7)

Ou;  Ouy
D= (D_ " o> (3.8)

where

In tensor form the deviatoric stresses can be written

. Ou . e v
Tyz  Tyy Ui (3—3 + 3—1,) 2773_;
The eigenvalues of the total stress tensor give the principal stresses, and the eigen-

vectors give the principal stress axes. These describe the stress ellipse, which can be

translated back to Cartesian coordinates for convenience (figure 3.1).

Figure 3.1: Prinicipalised stress axes describing the stress ellipse, and their conversion
to Cartesian coordinates

3.2.2 Thermo-mechanical coupling

The two-dimensional model is based on a thermal finite element solver and a mechan-
ical finite element solver coupled together as shown in figure 3.2.

The thermal solver determines the new temperatures, which are used to calculate
temperature-dependent densities and viscosities. These densities and viscosities are
passed to the mechanical solver, which uses them to calculate pressure and velocity.
These velocities are used to update the domain by advecting the temperature field,
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Figure 3.2: Coupling thermal and mechanical solvers together

and the new configuration is passed back to the thermal solver for the next time step.

I use the thermal and mechanical solvers from the finite element package "MIL-
AMIN’ (Dabrowski et al., 2008) as the basis of my viscous model. The code is origi-
nally Lagrangian, but here I use an Eulerian version for ease of boundary condition
implementation. The thermal code has also been changed from steady state to a tran-
sient solution. A brief summary is given here of the finite element method in general
and the specific formulation used in my model, but more detail can be found in the

paper by Dabrowski et al. (2008).

3.2.3 The finite element method

Finite element modelling is a powerful technique whereby the domain under consid-
eration is divided into discrete, non-overlapping elements, and the behaviour of each
element according to the governing equations is found. The behaviour of the whole
system is then given by the assembly of these element-wise solutions.

The discretisation of the domain is here performed using a package called "Trian-
gle’ (Shewchuck, 1996). Triangle divides the domain into 7-noded triangular elements,
where the corner nodes are shared with a varying number of triangles, the side nodes
are shared between two adjacent triangles, and the centre node is unique (figure 3.3).
The speed and accuracy of the solution is determined by the size of the elements: a
fine mesh with many small elements will give a more accurate answer but will be
more computationally expensive. It is also possible to use a mesh which is refined in
certain areas to give more detail.

For a differential equation A with boundary conditions B, we require an unknown
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Figure 3.3: The triangular mesh used to discretise the domain

function u that solves the equation sets (Zienkiewicz et al., 2005)
A(u)+B(u)=0 (3.10)

The function u can be approximated over an element by
u(z,y) (z,y) Z Nf(x,yh (3.11)

where u; is the value of u° at the ith node of the element, and N{ are interpolation
functions. Each approximation function u“ would need to be differentiable as many
times as the partial differential equation involving u, but in the weighted residual finite
element method the weak form of the governing equation is used, which moves some
of the differentiation to a weighting function.

The weak form of the governing equations is found by multiplying the differential
equation by a weighting function w and integrating by parts

/urA(u)dQ +/u‘B(u)dF = (3.12)
Ja

r

where () is the domain and T is the boundary. This can then be manipulated into the

form

/C](U')Cz( )d£2+/D1(u7)D2(11)(lF:O (313)
Q

r
where operators Cy, Cy, Dy and D, in the weak form are of lower order derivatives
than A and B. In the following derivations the Galerkin method is used, where the
shape functions are used as the weighting functions, that is, w = N;.

Manipulation of equation 3.13 allows the weak form to be written for each element

in the form
Kéu®*+F°=0 (3.14)
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where K is known as the coefficient, or "stiffness’ matrix, and F are the forces acting on

the element. Assembling the system from the sum of the elements gives
Ku+F=0 (3.15)

The unknown us can then be retrieved from the solution of this equation.
MILAMIN uses Cholesky factorisation to solve simultaneous equations. Ensuring
that K is symmetric and positive definite, it can be written as

K=LL" (3.16)

where L is the lower triangular matrix, and L* is its conjugate transpose. Then solving
Ly = F to gety, u can be recovered from L*u =y, where the equations are then easy

to solve using forward substitution.

Thermal problem

For the thermal code, the transient heat conduction equation can be written (Reddy

and Gartling, 2001)
JdT 0 JdT 0 oT

over the domain (2, where T is temperature, ¢ is time, p is density, C, is specific heat
capacity, and  is thermal conductivity. Using the method of weighted residuals, this
equation is multiplied by the weight function and integrated over the element. Some
manipulation using integration by parts and the divergence theorem allow this equa-

tion to be re-cast into the weak form,

J oT ow OT ow IT
) T kT‘__ A Sl Zd
/Q {u <pC, 8t> Tt Or Ox oy oy dy} .

T dT
— jge w <lf$%m- + k’:y%ny> ds =0

where w is the weight function, Q)¢ is the element domain, and I'“ is the element bound-

(3.18)

ary.
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Substituting N; for w and writing

M;; = /sz pC'N;N;dzdy (3.19)
' ON; ON; ON; ON;
Ke — g SHE :
i / < 5% On + i, 9y Oy >d1dj (3.20)
o JdT
g = j{/» EL +k (ng ds (3.21)

the finite element model can be described as a summation over all n¢ elements

Ne e

_dT ) .
> (g —— + KGTF | —f =0 (3.22)

I=

This can then be solved as a series of simultaneous equations.

Viscous problem

For a viscous incompressible flow, the Stokes equations are

@'ll,i -
oz, 0 (3.23)
Ju; ou; 0 ou;  Ou
5 T Yo, Poy; + ~ g i = 24
/)((% +u‘,awj> ()TJ [ J (()JJ + d‘z,l)] +pfi=0 (3.24)

where v is velocity, P is pressure, and f; is body force. Multiplying by weight func-
tions v’ and w respectively, and integrating over the element, the weak form of these

equations can be written as (Reddy and Gartling, 2001)

/ () “dady = 0 (3.25)
Oz

ou; ou; ow; ou; Ou,
/é {po,u;j (? + u]a—r]> - I, { Pl + 1](0 s - 8.1,1 )} + pow; f,] dxdy

(3.26)
—j{ w;o;.nds =0
Te
where 7 is viscosity. Using the relationships of
wi(x,y,t) = NTu; (3.27)
P(x,y.t) =TI"P (3.28)
(3.29)
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where u; and P are the nodal values of velocity and pressure, and N and II are the

respective shape functions, equations 3.25 and 3.26 can be rewritten as

ONT
</ 11— d:lrdy) uy= 0
Qe dLZ
S, , ONT
poNN" dzdy | 0; + poN(N"u;) 5 drdy | w;
. € K € LT/

" ON_ . " ONONT " ON ONT
_ { / ikl § 2 d:rdy] P+ [ / d - d:z:dy} u; + { / ON ON d:z:dy} u;
Q ¢ ¢

n— el
e QLj J Qe ]de ox; Ja nc‘)a,‘j ox;

— {/ pUNf,,-d:z,'dy] — [% ai.fz,Nd.Tdy} =0
Q Jre

If the following matrices are defined:

4

" s 7VT
Q; = / HQ, dxdy
Qe

ZT;

M:/ poNNT dady
J Qe

ONT
C(u) = / /)ON(NTU]‘) dxdy
. € .,j
" ONONT
K= | 922" dad
d /Q« ,}OL'Tj dl’I ray

F, = / poNfudzdy + §oiNdady
J QE €

then equations 3.30 and 3.31 can be combined to give

M 0 u C(u)+K(u) —Q u| | F
0o 0||P —QT 0 P| |0
which can be condensed to the form
MU+ KU=F

(3.30)

(3.31)

(3.32)
(3.33)
(3.34)

(3.35)

(3.36)

(3.37)

(3.38)

where U = u, v, P, and the superposed dot indicates a time derivative. Imposing the

boundary conditions, the system of equations can then be solved.

These two solvers coupled together provides a solid basis on which to build a

thermo-mechanical subduction zone model to investigate stresses in the slab. The
mechanical MILAMIN solver has already been implemented in a subduction setting,
as part of the FEMS-2D code used in a benchmark comparison of subduction zone
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models (Schmeling et al., 2008), where it performed favourably. Tests of the viscous

and thermal codes used here are included in appendix A.

3.3 Important parameters in the 2D model

3.3.1 Rheology

The Earth’s outer layers of mantle and crust are probably best described as visco-
elastic-plastic: over short time frames there is an elastic response, over longer time
periods there is viscous flow, and under certain conditions of stress there is also plas-
tic deformation. Reasonable models to study the the Earth do not necessarily need to
have the full visco-elasto-plastic complement; some do use this rheology (Kaus and
Becker, 2008; Babeyko and Sobolev, 2008), but many choose only visco-elastic (Gurnis
et al., 1996; Capitanio et al., 2007), visco-plastic (Cizkova et al., 2007; Billen and Hirth,
2005), or just viscous (van Keken et al., 2002). Viscous models are often an acceptable
approximation because viscous flow is the prevalent form of deformation in the litho-
sphere and asthenosphere; only under exceptional circumstances does brittle failure
occur. Visco-plastic models allow a reduction in strength in areas of high stress but

low temperature, like the lithosphere.

Viscosity structure of the mantle

The viscosity structure of the mantle has been a contentious issue in geophysics. Vis-
cosity broadly increases with depth, but there is much disagreement about the de-
tails. Various analyses of data have been used to determine the viscosity structure
of the Earth, including gravity spectra (Steinberger and Holme, 2002), geoid anoma-
lies (Hager, 1984), post-glacial rebound (Cathles, 1975), and plate velocity (Forte et al.,
1991), as well as techniques such as geoid inversion (King and Masters, 1992), joint
inversion (Mitrovica and Forte, 2004), and Monte Carlo inversion (Ricard et al., 1989).

From the literature and the sensitivity tests shown in figure 3.6, I choose the back-
ground viscosity structure shown in figure 3.4 which resembles the viscosity structure
from Steinberger and Holme (2002) most closely, but is more simplified in that it has a
single viscosity for each of the transition zone (10??) and the lower mantle (10*°). Fig-
ure 3.5 shows a schematic diagram of how the viscosity of the different model domains
is defined.

Figure 3.6 shows temperature and stress plots for models with different viscosities
for the transition zone and lower mantle. The bottom boundary of the model does
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Figure 3.5: Viscosity initialisation by depth and area

not allow vertical velocity, as a representation of the high density contrast of the core-
mantle boundary. The shape of the slab and its regions of high stress change depend-
ing on the viscosity of the transition zone and lower mantle; the higher these values,

the more the slab is supported from underneath.
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Figure 3.6: Comparison of models at 40Myr with different viscosities for the transition
zone 410-660km, and the lower mantle below 600km. Stress contours show magni-
tudes greater than 250MPa. A full discussion of slab evolution and associated temper-
atures and stresses is given in chapter 4.

Mantle viscosity, diffusion creep, and dislocation creep

Viscosity in the mantle is achieved through either diffusion or dislocation creep. Diffu-
sion creep is dominant at high temperatures and pressures but low stress levels (Tur-
cotte and Schubert, 2002). On the microscopic level, deformation is due to the move-
ment of vacancies along grain boundaries or through the lattice and results in linear,
Newtonian rheology. Dislocation creep, on the other hand, occurs at high stress lev-
els. The movement of dislocations in the crystalline lattice results in power-law, non-
Newtonian rheology. Previous models have found that the inclusion of dislocation
creep in the viscosity formulation makes subduction initiation easier by decreasing
hydrodynamic stresses on the slab (Billen and Hirth, 2005). The dominant rheology at
a given temperature and pressure is the one which gives the higher strain rate (Karato
and Wu, 1993).

The rheology of a viscous fluid is described by (Karato and Wu, 1993; Turcotte and
Schubert, 2002)

(3.39)

. E, + PV,
Sij — A(Tni]O—ij exXpP <_ —_>

RT

where all symbols and values are given in 3.1. The viscosity of a Newtonian fluid
depends primarily on its temperature, whereas the viscosity of a non-Newtonian fluid

is also controlled by the shear stress. In a general formulation, the viscosity can be
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| Symbol | Meaning | Diffusion | Dislocation | Units

n viscosity Pas

T temperature K

P pressure Pa

o shear stress MPa

5 shear strain rate 5!

G rigidity 80 GPa

b lattice spacing 0.5 nm

h grain size 3 mm

R gas constant 8.314 JK~! mol™!
C prefactor 8.7x10" | 3.5x10* s

m grain size exponent 2.5 0

n stress exponent 1 8.5

E, activation energy 300 540 kJ mol ™
V, activation volume 6x1076 20x107° m? mol !
A pre-exponential factor | 1.92x107!" | 2.42x107' | Pa~'s™!

Table 3.1: Symbols, meanings and values used in viscosity calculations (Karato and
Wu, 1993; Turcotte and Schubert, 2002)

described as shear stress (o) divided by shear strain rate (£), so it can be described by
1, 1o Ea P‘/a
n=A"neZ 1exp <—+—> (3.40)

where A = £, (4™).

The presence of water reduces the viscosity of olivine (Hirth and Kohlstedt, 1996),
and causes partial melting, reducing the viscosity further. Regions that are particularly
hydrated, for example, the mantle wedge, will therefore have viscosities up to an order
of magnitude lower than would normally be expected (Hirth and Kohlstedt, 2003).
The existence of such a low viscosity wedge is supported by observed data such as
gravitational anomalies and topography (Billen and Gurnis, 2001), and may help to

lubricate tectonic movement.

Plasticity and yield stress

Temperature and pressure dependent rheology gives a good representation of the ma-
jority of the mantle, but some regions of the subduction zone require further con-
straints. In cold regions such as near the Earth’s surface or in the centre of slabs, the
predicted viscosity can be so unrealistically high that it stops the numerical model run-
ning, let alone giving meaningful results. A practical way of dealing with this problem
is to cap the viscosity at some high value, such as 10%*Pas (van Hunen et al., 2000), or
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1000 times the viscosity at 1300°C (Conrad and Hager, 1999). The justification for this
cutoff is that at such high viscosities the material can no longer be considered to be
viscous, and other deformation mechanisms would take over such as brittle failure or

Peierl’s creep. A map of dominating deformation mechanism under various condi-

tions of stress and temperature is shown in figure 3.7.
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Figure 3.7: Deformation mechanism map for grain size 0.1mm. The contour lines

indicate constant strain rate, the labels are log(strain rate) in units of s

(Kameyama
etal., 1999)

An alternative approach to applying a cutoff viscosity is to introduce a yield stress,
a critical value beyond which a material will undergo irreversible plastic deforma-

tion even at low temperatures. A simple formulation of a stress limiting viscosity is
(Kameyama et al., 1999; Cizkova et al., 2007)

Tyield = TErieig "€/ " (3.41)

where 7 is the yield stress at a particular strain rate ¢, =ye1q is the reference strain rate,
and n, is the powerlaw index. Cizkové et al. (2002) estimate cy;eiq to be 107'7s~" and
use n, = 5, which are the values that are adopted here. This viscosity formulation has
the effect of reducing the viscosity of cold regions under high stresses, and is a more
elegant solution to the problem of high viscosities at cold temperatures than capping
viscosity at an arbitrary value. Figure 3.8 shows the models using a yield stress of 100,
500 and 1000MPa. All three models produce very similar slab shapes and temperature

contours, but the yield stress directly affects the magnitude of the stress distribution
across the slab. In my model I use a yield stress of 500MPa.
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Figure 3.8: Comparison of models at 30Myr with a yield stress of 100, 500, and 1000
MPa. The top plots show temperature contours of the slab, and the site of the slices s1
and s2. The bottom plots show the stresses along these two slices.

The inclusion of the various deformation mechanisms into my 2D model results in

a complex viscosity calculated using

1 1 I

Neffective — < + + ) (342)
T)diffusion T)dislocation Tlyield

where the effective viscosity is a combination of diffusion creep, dislocation creep, and

low-temperature plastic yield.

3.3.2 Decoupling the overriding and subducting plates

In the subduction zone, the downgoing and overriding plates are decoupled from each
other, allowing relative movement between them. This decoupling is facilitated by a
low strength layer, which results from a combination of accretionary wedge sediments,
basaltic oceanic crust, hydrated minerals and high pore pressure, and localised strain
(Cloos, 1982; Cizkové et al., 2002; Manea and Gurnis, 2007; Wada et al., 2008). This
layer can be seen in the form of a low velocity layer along the megathrust in many
subduction zones (Abers et al., 2006; Chen et al., 2007). Observations and numerical
experiments put the low viscosity zone between 7 and 50km wide, and extending from
the surface to depths of 75-300km (Cizkova et al., 2002; Chen et al., 2007, Wada and
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Wang, 2009). The viscosity is usually estimated as one to three orders of magnitude
less than the mantle wedge (Hirth and Kohlstedt, 2003; Wada et al., 2008).

In the 2D viscous model, the depth of the low viscosity zone is quite important; if
it is only 100km deep, the high viscosities associated with the low temperature litho-
sphere can appear beneath the low viscosity zone, eventually halting subduction. Ex-
tending the low viscosity zone deeper avoids this problem but becomes quite prescrip-
tive. The width and the viscosity of the decoupling zone are also primary controls on
the development of the subduction zone. If the layer is too narrow or too high vis-
cosity, the oceanic and continental plates are not sufficiently decoupled, resulting in
much higher stresses, and unrealistically high values of dynamic topography. I use a
layer 10km wide and 150km deep with a viscosity of 10'"Pas to adequately decouple
the plates whilst allowing as much freedom as possible for the slab to evolve self-

consistently.

Decoupling and the mantle wedge

The mantle wedge typically has a lower viscosity than would normally be assumed
for its temperature and pressure conditions because of the presence of water from the
dehydration of the slab (Hirth and Kohlstedt, 2003). It is this low viscosity that allows
hot material from the mantle to be pulled into the subduction zone and down with
the slab, helping to decouple the overriding and subducting plates. In the 2D viscous
model, if the mantle wedge is not specified as being of a lower viscosity than normal,
the whole area cools in a feedback loop: the wedge becomes more viscous, so hot
material is not advected as much, so the area cools and becomes even more viscous,
eventually halting subduction.

Figure 3.9 shows the sensitivity of the model to the mantle wedge. If there is no
mantle wedge present, subduction is much slower, cooling the whole area and ulti-
mately halting subduction despite the presence of a low-viscosity zone. If the mantle
wedge begins immediately below the continental plate at 80km depth, its vertical ex-
tent has a significant effect on subduction zone development. A mantle wedge from
80km to 100km depth partially decouples overriding and subducting plates, but mod-
els with a mantle wedge from 80km to 150km depth fully decouple the two plates, al-
lowing a stable well-behaved slab to develop, hence these are the conditions imposed

upon my model.
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Figure 3.9: Comparison of models at 30Myr without a low-viscosity mantle wedge,
with a mantle wedge extending to 100km depth, and with a mantle wedge until 150km
depth. Stress contours show magnitudes greater than 250MPa.

3.3.3 Surface boundary conditions

The boundary condition with the most influence in subduction zone modelling is that
of the top surface of the subducting plate, and is generally either free-slip or free-
surface. Free-slip means that the plate is free to move horizontally but not vertically;
free-surface means unrestricted movement in both directions.

Free-slip is easier to implement in Eulerian code; free-surface is easier in Lagrangian
code. Although the two formulations are similar, they do not give quite the same re-
sults (Zhong et al., 1996), and a free surface is assumed to be the better model. As the
2D viscous model uses an Eulerian formulation, one approximation to a free surface is
to use a lithosphere with a weak top layer, referred to as a 'sticky air” layer by Schmel-
ing et al. (2008). This layer partially decouples the lithosphere from the top surface of
the model, and may also ease subduction by accommodating upwards motion of the
lithosphere at the outer rise (Goes, 2009). The weak layer is partially drawn down into
the subduction zone, where it becomes part of the low viscosity decoupling zone.

Figure 3.10 shows results with and without the weak top layer. The shapes of the
slab at 30Myr are very different as a result of the enhanced decoupling and freedom
of movement. The bottom plot shows a close-up of the velocity vectors around the
trench; in the model with a crustal layer, a return flow in the accretionary wedge can
clearly be seen, as predicted by Cloos (1982). I include the weak layer in my model
because it gives better results for predicted slab shape and stress profile.
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Figure 3.10: Comparison of models at 30Myr (a) without weak layer and (b) with weak
layer

3.3.4 Negative thermal buoyancy and density contrast

Density is dependent on composition, temperature, and pressure. In the subduction
zone, the slab is more dense than the surrounding mantle, causing slab pull due to the
mass excess. This is primarily controlled by temperature, and the change in density of

a material with respect to temperature can be formulated as
Ap = —poa AT (3.43)

where p is a reference density, 3300 kg/ m?, and « is the thermal expansion coefficient,
3x107° °C~! (Turcotte and Schubert, 2002). In this model I use density contrast rather
than absolute density, eliminating pressure dependence: material at a given depth is
compared to the typical value of the mantle at that point.

The value for « in the mantle is in the range 1-5x107°K~" (Schubert et al., 2001;
Chopelas and Boehler, 1992), but depends on temperature, pressure, and mineralogy.

For simplicity T use a constant coefficient of thermal expansion of 3x10~°K~!, which
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is an average value commonly chosen for subduction zone modelling (Cizkova et al.,
2007; Babeyko and Sobolev, 2008), appropriate for both slab and mantle. I perform
sensitivity tests on my model by varying o between 2 and 4x10°K™!, as shown in
figure 3.11. Changing a has an effect on the shape of the subducting slab: since the
change in density is directly proportional to o, a bigger o means the slab is more dense,
increasing the effects of slab pull and accelerating the slab’s descent into the mantle.
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Figure 3.11: Sensitivity testing of model to o, the coefficient of thermal expansion,
shown at 30Myr. Comparison of o =2, 3 and 4x10°K™!

The mantle density is estimated to have a reference value of 3300 kg m™~* at the
surface, increasing with depth (Stuwe, 2002; Turcotte and Schubert, 2002). Figure 3.12
shows the model using 3300 kg m* compared with reference densities of +10%, 3000
and 3600 kg m~3. This has much less effect on the slab temperature and stress evolu-

tion than a.

3.3.5 Thermal conductivity

Although a constant thermal conductivity has been used in thermal modelling and
gives an adequate approximation, a more accurate formulation is dependent on tem-
perature, pressure and mineralogy. Variable conductivity can be calculated as Hofmeis-
ter (1999):

/

298¢ 4 K!P
k(P T)= Kaos =~ X €Xp <—(4'Y + 1/3)/ a(0) d9> X (14+—=2-)+ Kraa  (3.44)

208 Ky

where the meanings and typical values for olivine are given in table 3.3.5. This pro-
duces the relationship between conductivity and temperature as shown in fig 3.13. For
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Figure 3.12: Sensitivity testing of model to p, the reference density, shown at 30Myr.
Comparison of models with p = 3000, 3300, and 3600kgm *.

| Symbol | Meaning | Value | Units |

K thermal conductivity W/mK
P pressure Pa
& temperature K

K208 thermal conductivity at the surface 4.61 W/m.K
a titting parameter 0.33
¢ thermal Griineisen parameter 1.25
a volumetric coefficient of thermal expansion | 37.52 x 107° | K™

Ky reference isothermal bulk modulus 128 x 10 Pa

K} dK/dP 4.3

Krad radiative contribution W/m.K

= 0.01753 — 0.00010365T + 2.2451T2/107 — 3.4077% /10!

Table 3.2: Symbols, meanings and values used to calculate thermal conductivity

temperatures less than about 700°, the variable conductivity is higher than the typical
33Wm ! K ! often used for olivine (Turcotte and Schubert, 2002). These tempera-
tures are not commonly found in the mantle, but do exist within the cold core of the
subducting slab.

The inclusion of variable thermal conductivity may have some profound implica-
tions: in numerical models it appears to increases the temperature of the subducting
slab so much that transformational faulting of metastable olivine as an earthquake
mechanism can be virtually ruled out Hauck et al. (1999), Marton et al. (2005).

Figure 3.14 shows a comparison between a model using variable thermal conduc-
tivity, and one which uses a constant thermal conductivity of 3.3Wm~!' K~! (Turcotte
and Schubert, 2002). The temperature, pressure and velocity plots for both models

are very similar; the variable conductivity model is a fraction colder and slower, but
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there is very little difference between them. This is in contrast to other workers who

have found their models to be significantly affected by variable thermal conductivity,

but these models centred around changes in phase, which is not modelled here. For

completeness, variable conductivity is included in my model.

(a) Constant thermal conductivity

(b) Variable thermal conductivity

.\

\!

-200
€
= -400
£
a
(]
a -600
-200 0 200 400 600 800
Distance (km)

Temperature

— 200°C
1200°C

Downdip stress
Compression
L Extension

Figure 3.14: Comparison of models with a thermal conductivity that is (a) constant
3.3Wm 'K~! (b) variable, dependent on temperature and pressure. Models here are

shown at 30Myr.
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3.4 Summary of the 2D viscous model

[ have presented here a formulation of a viscous thermo-mechanical model which will
be used to study the processes that occur in subduction zones and the mechanisms by
which stresses accumulate in the downgoing slab, leading to seismicity. The model is
two-dimensional and dynamic with kinematic boundary conditions. Thermal and me-
chanical finite element solvers are coupled together through their outputs of velocity,
temperature-dependent density, and temperature-dependent viscosity. The rheology
of the lithosphere and upper mantle is described by a combination of diffusion creep,
dislocation creep, and yield stress. A low viscosity zone aided by a low viscosity man-
tle wedge decouples the overriding and subducting plates, and a partially free surface
is implemented by the use of a weak zone overlying the oceanic lithosphere.

This model is used to investigate stress accumulation in subduction zones, fo-
cussing on the origin of double and triple seismic zones. The sensitivity of the model
to its four key parameters of plate velocity, rollback velocity, plate age and slab dip are
presented in chapter 4; the application of this model to the specific cases of north Chile

and northeast Japan are presented in chapters 7 and 8.
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Chapter 4

Predicting subduction zone stresses
using the 2D viscous

thermo-mechanical model

4.1 Introduction

The viscous model introduced in chapter 3 is formulated to investigate the behaviour
of a subduction zone, and to predict stresses accumulated in the slab. The model
uses a two-dimensional coupled thermal-mechanical finite element code, and imple-
ments a rheology that combines diffusion creep, dislocation creep, and yield stress. It
is a hybrid dynamic-kinematic model, where plate motion and rollback are imposed
as boundary conditions, but the internally generated body forces drive the system.
Using this model, the evolution of the subducting slab and the response of slab devel-
opment to a range of subduction parameters can be explored. The temperatures and
stresses that are produced in the slab provide an insight into the mechanisms leading
to Wadati-Benioff zone seismicity.

The global mantle convection system is represented through four key parameters.
The horizontal movement of the oceanic plate away from a spreading ridge is rep-
resented by a plate velocity applied to the upper lithosphere some distance from the
trench. The lower boundary of the model has horizontal movement to represent trench
rollback, and no vertical movement as an approximation to the core-mantle boundary.
The dip angle of the slab in the first 100km is imposed in the model by the domain
geometry and the low viscosity zone, and the temperature of the oceanic lithosphere
controls the age of the slab at the point of subduction.

This chapter presents the results from the 2D viscous subduction zone model. The
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Figure 4.1: The global earth system and the model representation

four key parameters of plate age, dip angle, plate velocity and rollback velocity control
the slab development and the stresses within it. Investigation into the relationships
between these parameters and the stresses that are generated give insight into the

processes governing Wadati-Benioff zone seismicity.

4.2 Governing parameters in the 2D subduction model

The four governing variables used in the viscous model are plate age, dip angle, plate
velocity and rollback velocity as shown in figure 4.2; however they are not completely
independent.

The lithospheric plate age at the point of subduction is defined by its temperature.
As plates age they cool, approaching an equilibrium geotherm. The temperature of the
oceanic plate is calculated using an analytical solution (McKenzie, 1969). Because the
viscosity is temperature-dependent, this temperature structure dictates the thickness
and viscosity of the oceanic lithosphere, which controls the ease with which the slab
can bend (Griffiths et al., 1995). A thick, stiff plate will be difficult to bend, so will have
a large radius of curvature, meaning a low dip angle (Bellahsen et al., 2005). In a fully
dynamic model this would dictate the dip angle, however in my model the dip angle
is imposed via the geometry of the low viscosity zone and the overriding plate, so care
is taken to select dip angles that are reasonable and appropriate.

It is generally accepted that slabs sink due to their negative buoyancy, and this slab
pull is countered by slab resistance at depth as the viscosity of the mantle increases.
The resultant of these two forces gives the speed at which the slab will subduct. In this
viscous model the plate velocity is imposed kinematically at the surface by pushing the
upper oceanic lithosphere towards the trench; as the slab develops, the slab becomes
more dynamically driven through its temperature-dependent density creating the slab
pull, and the temperature and stress dependent viscosity of the mantle providing the
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Figure 4.2: The governing parameters in the subduction model

slab resistance. For a given plate age and rheology, there is an optimum plate velocity
that gives smooth subduction, where a slab develops without thickening and warping,
or thinning and detaching.

Rollback, the retreat of the trench position, is treated here as an independent vari-
able, although like the plate velocity there is a window of reasonable values that give
sensible results. Here, rollback is imposed as horizontal movement of the bottom of
the model representing the core-mantle boundary, creating a reference frame in which

the overriding plate is stationary.

4.3 Dynamic topography

A good quality check on the validity of a subduction model comes from dynamic
topography. Dynamic topography is the surface expression of stresses arising from
buoyancy forces in the mantle, and is the source of trench bathymetry (Zhong and
Gurnis, 1994). The depth of the trench has been correlated to subduction rate (Grellet
and Dubois, 1982), plate age, and the plate dip angle for the first 100km (Jarrard, 1986).
Zhong and Gurnis (1994) calculate dynamic topography for a model with a free slip
upper boundary as

Oy

h (4.1)

Apg
where h is dynamic topography, o, is the vertical component of stress at the top litho-
sphere boundary, Ap is the density difference between the lithosphere and the loading
media (air or water), and g is gravity. The dynamic topography calculated by Zhong
and Gurnis (1994) across the trench is shown in figure 4.3a. It has an outer rise of about
300m, a narrow trench about 100km wide and 5km deep, and a secondary depression
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behind the trench which slowly decreases to zero. Dynamic topography is also calcu-
lated by Billen and Gurnis (2001), as shown in figure 4.3b, although the magnitudes of
their trench subsidence and topographic high are rather large.
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Figure 4.3: Dynamic topography (a) calculated by Zhong and Gurnis (1994) (b) calcu-
lated by Billen and Gurnis (2001) (converted to the same polarity as (a) for comparison)

Figure 4.4 shows a typical plot of dynamic topography generated by a model with
a plate velocity of 2cm/yr, a dip angle of 30°, and a plate age of 100Myr, which has
80Myr of development time. It has a trench depth of approximately 3.5km, followed
by a high of 1km, then a second depression of 2.5km which decreases away from
the trench. The shape and magnitudes are in good agreement with observations of
subduction zones, as well as the published dynamic topography of Zhong and Gurnis
(1994), supporting the validity of the viscous model.

outer rise trench arc back arc basin

Dynamic topography (km)

-1000 -500 0 500  Distance (km) 1000 |

Figure 4.4: Dynamic topography from the reference model at 80Myr
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4.4 Modelling a developing subduction zone

The reference model used here has a plate velocity of 2cm/yr, zero rollback velocity, a
30° dip angle, and a plate age of 100Myr. Figure 4.5 shows this reference model as it
evolves with time.

The temperature plots in figure 4.5a show how the slab approaches a quasi-steady
state by 80Myr due to the interplay between the speed of subduction and heat conduc-
tion. The temperature plots also show that the mantle wedge remains warm through-
out because its low viscosity allows it to draw in hot material, which helps keep the
plates decoupled.

Figure 4.5b plots the downdip stress in the subduction zone. These are calculated

from the principal stresses using
Oprgr = Ogy COS° 0 + Ty sin” 6 (4.2)

where 0,/ is the stress in the downdip direction, ¢,, and o,, are the principal stresses,
and the angle ¢ is specified by the imposed megathrust geometry and is constant
throughout. Figure 4.5¢ plots principal total stresses in more detail between 100 and
300km. The stress plots show that initially the downdip stress pattern is extension on
top and compression underneath as the slab bends to begin subduction; this inverts as
the slab straightens. As it is not a viscoelastic model it cannot be said to ‘unbend” in the
true sense since it does not have any stress memory, but it does exhibit the associated
stress pattern of compression over tension.

The dynamic topography shows the presence of the trench immediately after sub-
duction is initiated, while the arc takes longer to develop. These plots indicate the

model is steady-state by about 50Myr.
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Figure 4.5: Evolution of the subduction zone over 80Myr: (a) temperature (b) downdip
stress (c) principal total stress (d) dynamic topography. In the stress plots, red indicates
compression, blue tension.
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4.5 Sensitivity of slab stresses in the viscous model to

the key parameters

4.5.1 Dependence of stresses on the age of the oceanic lithosphere

The age of the oceanic plate at the point of subduction dictates the thermal structure of
the slab, which in turn controls the density and viscosity. The temperature-dependent
density controls the slab pull, maintaining subduction and affecting the stresses in the
slab. The temperature-dependent viscosity controls the effective width of the slab and
the ease with which it can bend, which also affects the stresses within the subducting
slab.

Figure 4.6 shows the difference between models with an oceanic plate age of 25Myr,
50Myr, and 100Myr at the point of subduction. All three have the same downdip stress
pattern of compression over extension, although the 100Myr model reverses this trend
over the top 50km due to the increased slab pull. The slab pull is dependent on the size
and density of the slab; these are both controlled by the temperature. An older slab is
colder, thicker, and more dense, it will therefore sink faster and penetrate further into

the mantle.

4.5.2 Dependence of stresses in the slab on prescribed dip angle

The angle at which the oceanic plate subducts in this model is prescribed during ini-
tialisation; this angle is imposed for the first 150km by the low-viscosity zone and the
mantle wedge, after which the slab is free to develop. Using a single angle for sub-
duction initiation rather than a shallow then a deep angle or a curve is perhaps more
simplistic than usually observed in subduction zones but it is also easier to examine
what effect this angle has on the observed outputs.

Figure 4.7 compares models with dip angles of 20°, 30°, and 40°. The 20° model
subducts well but the slab is slightly distorted along its upper edge due to the vigorous
circulation occurring in the mantle wedge. The 40° model has an area of high stress
along its upper edge due to the interaction with the overriding plate; below this point
it is interesting to note how similar it is to the 30° model. The bulge underneath the
low viscosity mantle wedge appears to be due to the small-scale convection mantle
convection on the arc side of the slab.

Figure 4.8 shows the stress plots for a model with the same plate velocity as before,
but a much younger oceanic plate of 25Myr. As the dip angle increases, so does the
stress, as the oceanic plate is bent and forced down into the mantle by the overriding
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Figure 4.6: Comparison of models with different oceanic plate ages at the point of sub-
duction: 25, 50, and 100Myr. The contours show temperature contours; the coloured
areas show downdip stress (red is compression, blue is tension). Dip angle = 30°, vy
= 2cm/ V1, Uroltback = 2-

plate. Models with a shallow dip angle bend the least so subduction is easier to initiate
than in models with high dip angles, where the large amount of bending significantly
affects the stresses and geometry of the slab.

The low viscosity wedge is important in maintaining the decoupling of the overrid-
ing and subducting plates, but introduces a somewhat artificial boundary that affects
the stress patterns. As the slab passes the end of the prescribed low viscosity wedge,
circulation in the wedge causes the slab to bulge out underneath. This drawback of
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Figure 4.7: Comparison of models with dip angles of 20°, 30°, and 40°. The contours
show temperature contours; the coloured areas show downdip stress (red is compres-
sion, blue is tension). Plate age = 100MyT, vpare = 2¢M/ YT, Urottback = 2.

including a static mantle wedge can also be seen in the models of Manea and Gurnis
(2007), however the models with low dip angles are here unaffected by this distortion.
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Figure 4.8: Comparison of models with dip angles of 20°, 30°, 40°, and 50°. The con-
tours show temperature contours; the coloured areas show downdip stress (red is com-
pression, blue is tension). Plate age = 25MyT, vpiate = 2¢m/ YT, Vrouiback = 2-
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4.5.3 Dependence of stresses in the slab on plate velocity

The primary control on subduction zone development in these models is the plate
velocity, which is prescribed kinematically by a horizontal movement of the upper
oceanic lithosphere towards the trench. Figure 4.9 shows models at 40Myr with differ-

ent values for plate velocity.

Plate velocity Temperature (°C)
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Figure 4.9: Comparison of models with plate velocity=1cm/yr, 2cm/yr and 3cm/yr.
The contours show temperature contours; the coloured areas show downdip stress
(red is compression, blue is tension). Plate age = 100MyT, Uyonpack = 0. All models

shown at 40Myr.
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Although it might be expected that a model at 40Myr with 1cm/yr would be the
same as a model at 20Myr with 2cm/yr, comparison with figure 4.5 shows that this
is not the case, and the 1cm/yr model appears to develop more slowly in relative
terms. A more direct comparison is shown in figure 4.10. Models in figure 4.10a are
shown after 60 ‘net’ Myr of development, ie 60Myr for the 1em/yr model, 30Myr for
the 2cm/yr model, and 20Myr for the 3cm/yr model.

In figure 4.10a the 1cm/yr model is significantly less developed than the 3cm/yr
model after the same net time; it has not reached as great a depth and the stresses are
smaller. Figure 4.10b shows the models after 120 net Myr of development. The fastest
plate motion here of 3cm/yr has not only travelled further horizontally than the other
models in the same net time, but also shows an inversion of the stress pattern in the
slab below approximately 200km depth.

The flow velocities for the 120 net Myr models are shown in figure 4.11: the arrows
are the flow vectors, with the background colour indicating the magnitude. These
vectors help to explain the differences between the models. As the slab penetrates the
mantle, it induces a mantle flow, and the faster the plate velocity, the more vigorous
the induced mantle flow is. The bottom boundary of the model representing the core-
mantle boundary is free-slip, and therefore offers no resistance to horizontal motion.
This induced mantle flow appears to assist the subduction, accelerating the progress
of the faster models.

There is also a circulatory flow in the mantle wedge which can be seen in all three
models. This draws in warm mantle, helping to decouple the slab from the overriding
plate. It may also influence the slab development through the force it exerts on the
region, and appears to act on the top edge of the slab, pulling it upwards, which is
sometimes referred to as trench suction or slab suction (Forsyth and Uyeda, 1975). In
the absence of stress memory, it is possible that this circulation is the cause of the slab
unbending.

Figure 4.12 shows the viscosities for these models. The combination of diffusion
creep, dislocation creep, and yield stress gives the slab a high-viscosity core. If the
flow in the mantle wedge acts to pull the slab upwards, the slab would flex about this
stiff core, producing the opposite-signed layers of stress observed in figure 4.10.

The 3cm/yr model changes from the unbending stress pattern back to bending
again at approximately 200km depth as shown in figure 4.10b; if the circulation in the
mantle wedge causes slab unbending, it is possible that this is the point where the slab
pull becomes greater than the slab suction, and the slab begins to fall under its own

weight once more.
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Figure 4.10: Comparison of models with plate velocity=1cm/yr, 2cm/yr and 3cm/yr.
The contours show temperature contours; the coloured areas show downdip stress
(red is compression, blue is tension). Plate age = 100MyT, v oupack = 0.

4.54 Dependence of stresses in the slab on rollback velocity

In addition to the plate velocity driving the oceanic lithosphere towards the collision

zone, trench rollback is also often observed in subduction zones. In this model, the
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Figure 4.11: Velocities associated with models shown in figure 4.10b, at 120 net Myr.
The arrows show the vectors, the background colour indicates the magnitude.
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Figure 4.12: Viscosities associated with models shown in figure 4.10b, at 120 net Myr.

rollback velocity is imposed by a relative movement between the bottom of the model
and the overriding plate. In conjunction with a prescribed plate velocity it can sig-
nificantly affect the slab geometry and stresses; alternatively when combined with a
free-slip upper boundary condition for the oceanic plate, can initiate subduction in its
own right, as shown in figure 4.13. Figure 4.13a shows the model driven by prescribed
motion of the top of the oceanic plate and no rollback, ie free slip on the lower bound-
ary; figure 4.13b shows the model with free slip on the upper boundary and rollback
driving subduction initiation. The disadvantage of the second model is that there is
no way to impose an additional plate motion, reducing the number of governing pa-
rameters from four to three.

Figure 4.14b shows the model with a plate velocity of 2cm/yr and no rollback. Fig-
ure 4.14c is the model with a rollback velocity of 2cm/yr; figure 4.14a shows a model
with a rollback of -2cm/yr for comparison, that is, a ‘roll-forward’. The reference
model and the v,,;=2cm/yr are very similar in geometry and stress pattern, but the
slab in the rollback model has more lateral movement due to the viscous coupling of
the mantle with the core-mantle boundary. The model with the "roll-forward” is quite
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Figure 4.13: Comparison of models with convergence velocity prescribed by either (a)
plate velocity or (b) rollback. Plate age = 100Myr, dip angle = 30°.

a different shape, but it is interesting to note that the double stress zone still shows the
same polarity as the other two models, with compression overlaying tension, which is
surprising given the geometry of the slab. Figure 4.15 showing mantle flow velocities
helps to explain this phenomenon. The subduction of the slab into the mantle induces
small-scale convection, and this mantle flow appears to influence the slab stress state.
The low-viscosity mantle wedge encourages more vigorous circulation on the arc side
of the slab, creating flows that effectively unbend the slab and produce a compressive
layer over a tensile layer.

The influence rollback has on model development also depends on the other slab
parameters such as plate age. Figure 4.16 shows models with young oceanic plates of
only 25Myr, which are consequently hotter and with lower viscosities in the subduct-
ing slab. Figure 4.17 shows the velocities that help explain these stresses.

For a plate age of 25Myr, the slab in the model with no rollback velocity droops
down under its own weight, changing the downdip stress pattern to mostly compres-
sive, reflecting the fact that the slab is being supported by the higher viscosity tran-
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Figure 4.14: Comparison of models with rollback velocity -2cm/yr, zero, and 2cm/yr.
Plate age = 100Myr, dip angle = 30°, vpjate = 2cm/yr.

sition zone. The addition of a rollback velocity completely changes the stress pattern
observed; the circulation in the arc side of the mantle is much stronger and the whole
slab is swept along in the flow, which means that the slab is straightened and has a
downdip stress pattern of compression over extension along its whole length.

The induced mantle flow also affects the plate velocity. Although this is initialised
at 2cm/yr for both models in figure 4.16, the model with a v,,;=2cm/yr induces a
vigorous mantle flow that accelerates the motion of the slab to 3cm/yr through viscous

coupling.
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Figure 4.15: Velocities for models with rollback velocity -2cm/yr, zero, and 2cm/yr.
Background color is magnitude, arrows show vectors.
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Figure 4.16: Comparison of models with and without rollback using a young, hot slab.
Plate age = 100Myr, dip angle = 30°, vpiqre = 2cm/yr

The major difference between figures 4.14 and 4.16 is that the younger hotter sub-
ducting lithosphere is easier to bend, and is affected much more by the presence of
rollback. The older plate is thicker and stiffer, and is affected far less. The stronger
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Figure 4.17: Velocities for models with rollback velocity of zero and 2cm/yr, for a plate
age of 25Myr. Background color is magnitude, arrows show vectors.

influence of the rollback on the younger plate also results in variations in the stress
patterns observed, whereas the older plate has a same pattern of compression over

extension throughout.

4.6 Summary of subduction zone development and slab

stresses using the 2D viscous thermo-mechanical model

The viscous thermo-mechanical model is used to develop a subduction zone under
the controlling parameters of plate age, dip angle, plate velocity and rollback velocity,
and the temperatures, stresses, and dynamic topographies that are produced give an
insight into the processes that may occur inside the slab.

The temperature of the oceanic lithosphere at the start of subduction is controlled
by the age of the plate, and this also affects the stresses that develop. Older slabs are
colder and more dense, increasing their slab pull. In this model, the older slabs show
tensile stresses in the top 50km of the subduction zone due to this downwards force.
This increased slab pull in a cold slab, however, is accompanied by higher rigidity due
to the temperature-dependent viscosity. Models comparing slabs of different ages but
keeping the other parameters the same all show the same stress pattern of compression
over tension after 30Myr of development. This is the ‘'unbending’ stress pattern, but in
a viscous model the unbending appears to result from flow in the mantle rather than
stress memory.

The slab dip is imposed upon the model rather than being free to evolve, which
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introduces some artificiality. The constraints of the model set-up geometry are hard
to avoid, but for the various model parameters of plate age and velocity, a range of
appropriate dip angles exist. Younger slabs are easier to bend because of their low
viscosity, making subduction initiation easier, and hence they are able to subduct over
a greater range of angles in this model. Within the range of angles appropriate for each
model, the downdip stress patterns for each model appear quite constant.

The plate velocity and the rollback velocity of the subduction zone are distinct but
related parameters; the interplay between them is one of the major controls on the
stress pattern observed in the slab. The plate velocity drives the oceanic plate but also
has an effect on the flow in the mantle, which affects the slab geometry and stresses.
Faster plate velocities increase the mantle flow, which increases the horizontal motion
of the slab and the generated stresses.

The rollback velocity has a more subtle effect on the slab and stress development.
A rollback velocity equal to approximately half of the plate velocity is enough to
change the flow in the mantle and with it the way the slab subducts; more rollback
means a straighter slab and more horizontal subduction, less rollback means the slab
subducts more vertically. This effect is minor for old plates with very high viscosi-
ties, but young plates that are less viscous are very susceptible to a change in rollback,
drooping downwards under their own weight and showing a reversed stress pattern

of tension over compression for their lower regions.

The stresses generated by the 2D model are always in the form of two parallel
layers running down the length of the slab. The most common pattern found here
is compression in the upper layer and tension beneath, although there is some variety
depending on model development time. The best explanation for these results appears
to be that they are a result of flow in the mantle wedge together with a visco-plastic
rheology. The rheology used in the 2D model is a combination of diffusion creep,
dislocation creep, and plasticity, so the implemented viscosity is both temperature and
stress dependent, meaning that the slab has a high-viscosity core running down its
length. The movement of the slab into the mantle induces a circulatory flow in the
low-viscosity mantle wedge, which coincides with the unbending of the slab. If this
circulation is strong enough to exert a significant force on the slab, it could be the
cause of the slab unbending; if the slab unbends about a stiff central core, this would
create a band of stress on either side of the core, with compression in the top band and
tension underneath, as occurs in most of the models presented here. In models that
travel significant distance horizontally, this unbending appears to continue until it is
exceeded by the slab pull force, at which point it droops downwards again reversing

the stress pattern to tension over compression.
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The 2D viscous thermo-mechanical model presented here investigates the effects
on slab development and slab stresses to the four key parameters of plate age, slab
dip, plate velocity and rollback velocity that are used to represent aspects of the global
mantle convection system. The magnitudes and polarities of the double stress pattern
observed in these models is in good agreement with observations recorded at many
seismic zones. The ubiquity of the unbending stress pattern of compression over ten-
sion is attributed to flow in the mantle, particularly in the mantle wedge, which in-
creases with plate velocity, rollback, and dip. The dynamic topography provides an
additional quality check on the models, confirming their validity, and allows conclu-
sions drawn here about stress accumulation to be extrapolated to subduction zones

worldwide.

60



Chapter 5

Modelling stress development in the
subducting lithosphere using the

one-dimensional visco-elastic model

5.1 Introduction

The Earth’s mantle can be described as viscoelastic: on time scales of hundreds to mil-
lions of years, it behaves as a viscous fluid, whereas on time scales of a few seconds
to hours it behaves as an elastic solid. Both of these behaviours are important to sub-
duction zone modelling. The relative viscosities of the slab and the mantle control the
movement of the slab during subduction, and it is the flow in the low-viscosity mantle
wedge that helps to decouple the overriding and subducting plates. However, stress
memory and stress accumulation in the lithosphere are the consequences of elastic-
ity that lead to seismicity, and it is this behaviour that a viscoelastic model is able to
explore.

A viscoelastic material accommodates deformation through elastic and viscous de-
formation, depending on local conditions. The brittle strength of the lithosphere in-
creases with confining pressure and depends on its composition, which is controlled
by temperature and pressure. If the lithosphere is subjected to an external lateral force,
the lower lithosphere will deform by creep, transferring its stresses to the elastic up-
per lithosphere (Kusznir and Bott, 1977) until its brittle strength is exceeded and the
lithosphere fractures (Kusznir, 1977; Mithen, 1982).

Unlike viscous fluids, viscoelastic materials have a stress memory, that is, induced
stresses in cold elastic regions persist until they are either acted upon by other pro-
cesses or the material heats up and enters the viscous regime. This means that stresses

61



are able to accumulate in the cold lithosphere and are advected with the slab, affecting
the slab’s development, for example, bending stresses induced in the slab as it begins
to subduct also help the slab to unbend at depth. The interaction of advected stresses
is likely to play an important role in the generation of earthquakes in the slab (Wang,
2002).

To investigate the accumulation of stresses in the subducting lithosphere I wrote
two numerical models: a one-dimensional viscoelastic model and a two-dimensional
thermal model; both models are my original work. The viscoelastic model follows
a vertical slice of lithosphere through its subducting history which, despite the re-
striction to one dimension, still provides a useful insight into the processes of stress
accumulation responsible for seismicity in the slab. The thermal model generates the
temperatures for the viscoelastic calculation.

The one-dimensional viscoelastic model follows a vertical slice of lithosphere through
its journey from ocean floor to subducting slab, as shown in figure 5.1. Between the
ridge and the trench, the lithosphere accumulates stresses from cooling and the ridge
push force. When the lithosphere begins to subduct, it acquires further stresses from
bending, metamorphism, heating, and slab pull. Additionally, the viscoelastic nature
of the slab redistributes stresses that decay through creep. I use the 1D model to in-
vestigate the effects of these mechanisms upon the overall slab stress state, and the

relationship of this to seismicity.

Spreading Vplate Subduction
ridge > initiation

1D vertical slice
of lithosphere

Z

Figure 5.1: A 1D slice of lithosphere is followed on its journey from the spreading
ridge to the subducting slab

5.2 Viscoelastic model formulation

The lithosphere accumulates stresses during both its cooling and subducting peri-
ods which ultimately generate Wadati-Benioff zone seismicity. By formulating a one-
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dimensional viscoelastic model which is advected with the slab, the depth and time

evolution of horizontal stresses can be investigated.

5.2.1 Constitutive equations of stress and strain in the lithosphere

In the Maxwell model of viscoelasticity, elastic strain £© and viscous strain £” are com-

bined in series to give the total strain ¢

e=¢e*+¢€" (5.1)
The principal stress component o produces an elastic strain of £ = % in the same
direction and £ = —¥Z in the orthogonal directions. The total strain can be written
1 v v
Ex = E(ox—a(ﬁ)—f(oy—ﬂg)—i(a Ug)‘*'flz (5.2)
v 1 v v
T —E((r, oY) + E(OU 02) - E<U o?) + Ey (5.3)
v v 1 :
c. = — 00— 0%) — 20, = o)) = (0 — oY)+ (5.4)
(5.5)

where ¢ is total strain, ¥ is viscous strain, ¢ is stress, " is initial stress for brittle failure,

E is Young’s modulus, and v, is Poisson’s ratio.
Representing the lithosphere as a block of viscoelastic material to which a constant

horizontal force is applied, the force balance equation can be written
L
F, = / o, dz = constant (5.6)
Jo
where L is the thickness of the lithosphere (Kusznir, 1977). If it is it assumed that the

lithosphere is continuous so that all layers suffer the same total horizontal strain then

we can write

de,
=0 5.7
7 (5.7)
The viscous strain rates are given by
o 202 =0y =0z (5.8)
o 6n
é-_zr _ — 0Oy + 2Uy — 0 (5 9)
v 6n '

o _ 0z~ 0y + 20 (5.10)
£Y o

63



The free surface of the Earth implies vertical stress is zero, ie 0. = 0. Using equa-
tions 5.8 and 5.9, and the time derivatives of equations 5.2 and 5.3, some algebraic

manipulation gives the change in stress with time in the x and y directions as

1 L
O = Z/ (B2, — 62) dz — Eé, + o, (5.11)
0

2, — 0
Gy = V(65— 0%) — B[ ZL=22) + 49 (5.12)
? 4 ()7} Yy

Integrating over time, stresses in the x and y directions can then be written as

T L L
E /(1 / . , ) 1 / . ;
Oz = e || = e'dz — €' | dt — — o,dz+ 0, (5.13)
/0 (1-v?) <L(o L Jo B

T
2 Yy~ Yz
O.y s / V(.T'I _ EUJ—O-f dt - (7’0 g ]/(}'9 (514)
Jo 6n 4 .

where t is time, T is total time, and the superposed dots indicate time derivatives.
The 1D viscoelastic model requires additional constraints in order to calculate the

stresses in the lithosphere. Here I assume the condition of plane stress (0,=0), rea-

soning that the subducting lithosphere would be so fractured that horizontal sections

would be mechanically dissociated from one another.

5.2.2 Viscous strain

Viscous strain is calculated from
£r=0./3n (5.15)

where o, is stress in the x-direction, and 7 is viscosity, dependent on temperature,
pressure, and stress. Viscosity is calculated for both diffusion and dislocation creep

121 E(1,+PV;1
N = A n fg exp <m—> (516)

using

where the symbols and values are given in table 5.1 (Karato and Wu, 1993; Turcotte
and Schubert, 2002). These two rheologies are then combined to give the effective

1 1 -
Tleffective = < + ) (517)

T)diffusion Tldislocation

viscosity.
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| Symbol | Meaning | Diffusion | Dislocation | Units

n viscosity Pas

T temperature K

P pressure Pa

o stress MPa

n stress exponent 1 el

R gas constant 8.314 8.314 JK~! mol™!
E, activation energy 300 540 k] mol ™!
V, activation volume 6x1076 20x1076 m? mol !
A pre-exponential factor | 1.92x107!'! | 2.42x107'% | Pa~"s™!

Table 5.1: Symbols, meanings and values used in viscosity calculations (Karato and
Wu, 1993; Turcotte and Schubert, 2002)

5.2.3 Brittle Failure

In a viscoelastic material, the threshold between the viscous and elastic response is
governed by temperature and pressure. In the viscous regime, large stresses lead to
ductile deformation, but in the elastic regime stresses are accumulated until they cause
brittle failure. To apply this concept to the viscoelastic model, the maximum stresses
that can be supported by the lithosphere at a particular depth need to be determined.

Slip on a fault will occur when the dynamic frictional stress 77, is equal to or greater

than the static frictional stress 7/, that is,

Tfd =Tfs (518)
=fs0n (5.19)

which is Amonton’s law (Turcotte and Schubert, 2002), where f; is the coefficient of
static friction and o, is the normal stress, meaning large normal stresses make it dif-
ficult for sliding to initiate. In the upper lithosphere in the presence of water, this is

modified to
|r| = fslon — Pu) (5.20)

where P, is hydrostatic pressure, making it easier for the rock to fail. Byerlee’s law

(Byerlee, 1978) gives empirically derived values for f;:

| 0850 if o < 200MPa
] 0.60 +50MPa if 200 < o < 1700MPa
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Figure 5.2: The lithosphere strength envelope (Turcotte and Schubert, 2002)

The horizontal and vertical stresses at a particular depth z are given by

0, =pgz + Ao, (5.21)
0. =pgz (5.22)

where p is the rock density, g is gravity, and Ag, is the horizontal tectonic stress. This
can be used to find the normal and tangential stresses on the fault,

Ao,
On =pgz + %(1 + o5 26) (5.23)
r=— AT” sin 20 (5.24)

These can be substituted into Amonton’s law to give

_ :t.fs(pgz - ,Owgz)
A+ F S

(5.25)

where p,, is water density, and the upper signs are used for compression, the lower
ones for tension. This can be used to find the the lithosphere strength envelope shown
in figure 5.2. If stresses occur in the lithosphere that are outside the strength envelope
then brittle faulting occurs, relieving the stress.
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5.24 Implementing the viscoelastic model

To implement the viscoelastic model, the equations described above must be solved.
First, the vertical slice of lithosphere is discretised as shown in figure 5.3.

=0 —— S
| time
|
| |
-1

n, n,
z t-1 1
n1 nZ
n -1 n t

z=L

Figure 5.3: Discretisation of the lithosphere by depth and time

Each node suffers stresses, strains, and forces as described in equation 5.11; these
are evaluated then combined with the total stress to give the new total stress at each
node. This can be written
ol = g% 4 5, At (5.26)

x

where 07" is the total stress for each node at the new timestep, 0% is the total stress
for each node at the old timestep, and At is the timestep. Using values at the old
timestep to calculate values at the new timestep is described as the forward difference
method. This is stable as long as the timestep is kept appropriately small: in this case,

the timestep is required to be

Thmin
At < 5.27
L (5.27)

where 7,,,i, is the minimum value of viscosity in the domain, and E is Young’s modu-

lus.

The time derivative of stress for each node is performed numerically, calculating
each nodal component as discussed, and using the trapezoidal rule to perform the
integration. For each iteration, the total stress calculated is tested against the failure
envelope described in section 5.2.3; if the stress at any node is outside the envelope, its
value is reduced and the total stress for all the nodes recalculated, as if the node had
suffered failure and its stresses had been redistributed through the lithosphere.
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5.3 Applying the viscoelastic model to the lithosphere

The viscoelastic model described in section 5.2 gives the general formulation of how
the constitutive equations are approximated and solved numerically to find horizontal
stress in the lithosphere. This formulation is now applied to our vertical slice of litho-
sphere during its periods of cooling and subducting. The time derivative of horizontal

stress in its basic form is given by

E L =0
oo =7 /O <g + %) dz — Be¥ + " (5.28)

where o, is horizontal stress, ¥ is viscous strain, ¢* is initial stress for brittle failure,
and F is Young’s modulus.

There are additional stresses and strains that act on the lithosphere before and dur-
ing subduction, affecting the total stress state. Prior to subduction, the lithosphere is
subject to the ridge push force, and thermal stresses due to cooling. During subduc-
tion, stresses are generated by bending, heating, the basalt to eclogite transition, and
slab pull. Only the body forces of ridge push and slab pull are renewable sources of
stress, that is, they are continually applied. These stress sources can be added into
equation 5.28 so that the change in total horizontal stress with time is given by

RP FSP

E L - g O'.O . I . .
Ty = — g’ £ gec 2T ) dy— BV — F& — Fe 46 .
o L./u (r +& + —I—E> 40,40 +—L ok 7

(5.29)

where £Y is viscous strain rate, 7 is thermal strain rate, £ is strain rate due to the
transformation of basalt to eclogite, o is bending stress, F" is the ridge push force,
F" is the slab pull force and L is the lithosphere thickness. Table 5.2 summarises all

symbols and values, which will now be discussed in more detail.

5.3.1 Thermal strain

As material heats or cools, it expands or contracts. This change in volume with tem-

perature can be written as
AV =V, 0T (5.30)

where V is volume, T is temperature, and a" is the volumetric thermal coefficient of
expansion, 3.5x 10-°K~! for the lithosphere (Turcotte and Schubert, 2002). The change

in size induces thermal strain in the material, which is calculated as

el = AT (5.31)

68



Symbol | Meaning Value Units
o Stress Pa

P Initial stress at brittle failure Pa

a? Bending stress Pa

g’ Viscous strain

gt Thermal strain

gl Basalt to eclogite volumetric strain

PP Ridge push force —2.8 x 10" | Nm™*
For Slab pull force 5 x 101 Nm ™
L Lithosphere thickness 100 km

E Young’s modulus 100 GPa

v Poisson’s ratio 0.25

! Coefficient of thermal expansion 35x107° K-!

T Temperature K

7 Viscosity Pa.s

fs Coefficient of friction 0.6

P Density of the lithosphere 3300 kg m™?
Pr Density of water 1000 kg m 3
g Gravity 9.81 ms~!

z Depth m

Table 5.2: Parameters used in the viscoelastic model (Turcotte and Schubert, 2002)

where =7 is the thermal strain, and «, is the linear coefficient of thermal expansion.
The viscoelastic model assumes that any volumetric change due to thermal expansion
or contraction occurs equally in all directions, although this is not necessarily the case
due to the constraints acting upon the lithosphere. However, in the context of a 1D
model, and given the relatively small effect the thermal strain has upon the total stress,

this is considered to be an acceptable approximation.

5.3.2 Bending stress

The subducting slab starts bending just before the subduction zone to allow subduc-
tion to commence; when it is below the overriding plate it begins to unbend.

The bending stress in the x direction along the neutral core of the plate is written
as

B =F B

=— 5.32

where E is Young’s modulus, v is Poisson’s ratio, and =" is bending strain (Turcotte

and Schubert, 2002). The bending strain is given by

(5.33)
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Figure 5.4: Bending stresses in the subducting slab: (a) lithosphere bending geometry;
(b) applying the curvature gradient to the slab.

where z — L is the vertical distance from the central neutral fibre of the lithosphere
based on z-coordinate and lithosphere thickness L as shown in figure 5.4, and w is the

deflection. The bending strain rate can then be calculated as

. L. 0 d*w
B —(~ __ )\ _
B =2 2) ot dx? (5.34)
L 0x 0 0*w
=(z — 5) 5t B2 522 (5.35)
L P
=(z = 5) Vsub o (5.36)

where v, is the subduction velocity, and 9*w/dz” is the curvature gradient of the
slab, assuming that the profile shape is constant in space and time. A typical value
of curvature gradient of 1x10~"'m 2 (Theodoridou, 2008) is applied here sinusoidally
over a wavelength of 500km (Chase et al., 2009), as shown in figure 5.4b. In the sign
convention used here, the minimum curvature gradient which occurs at the trench is
associated with the highest bending rate. The maximum curvature gradient which

occurs about 250km away from the trench indicates the highest unbending rate.

5.3.3 Basalt to eclogite transition

The basaltic oceanic crust makes up the top 7km of the lithosphere; during subduc-
tion, the increase in temperature and pressure transforms the basalt to eclogite. Since
eclogite is denser than basalt, this transformation is associated with a volumetric re-
duction of approximately 10%, inducing tension in the crust and compression in the
mantle beneath (Kirby et al., 1996).
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In the 1D model, this strain is applied linearly to the top 7km representing the slab
crust whilst it is between the temperatures of 200°C and 700°C (Hacker et al., 2003). A
simplistic temperature-pressure relationship is assumed here, so pressure is neglected.

0 T <200°C
5€(:1 — 0.1 x 73;("__2‘(2)80 200°C < T < 700°C
0 T>700°C

where ! is the strain due to the metamorphism, and T is the temperature. The strain
generated by the basalt to eclogite transition is approximately two orders of magni-
tude greater than the thermal strain for the same change in temperature.

5.3.4 Ridge push

While the oceanic plate is still at the surface prior to subduction, it is subject to the
ridge push force. This is due to gravitational sliding of the newly-formed plate down
and away from the topographic high of the ridge (Fowler, 2005), as shown in figure
5.5. A typical value for the ridge push force is estimated to be —2.8 x 10" Nm™!
(Dahlen, 1981), generating stresses of 20-30MPa in the lithosphere (Bott and Kusznir,

1984). This force is applied uniformly to the oceanic lithosphere prior to subduction.

ridge

tranich transform fault

Ridge push

force

Figure 5.5: The ridge push force acting on the oceanic plates (Brown and Mussett,
1981)

Although the ridge push force is not the largest source of stress, it is a renewable
stress source because its presence persists even though the strain it produces is being
dissipated (Bott and Kusznir, 1984). If the slab is subject to these cumulative stresses
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for a long time prior to subduction, this could have a significant effect on the total

stress state at the start of subduction.

5.3.5 Slab pull

The negative buoyancy of the slab makes it sink into the mantle and is known as slab

pull, shown in figure 5.6.
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Figure 5.6: The slab pull force acting on the oceanic plate (Sleep, 1979)

Slab pull is estimated at 5 x 10> Nm~' (Bott, 1993). Although this is larger than
the ridge push force, it is counteracted by forces such as slab resistance, and bending
(Bott and Kusznir, 1984). Slab pull is also a renewable stress, so whilst non-renewable
stresses are being dissipated, slab pull is still being applied meaning that at great
depths it may be the only cause of stress that persists.

The slab pull acting on any given point would be expected to decrease down the
length of the slab, but the 1D viscoelastic model assumes a constant slab pull through-
out the duration of subduction based on an estimate of the total average force acting.
However, the small impact of the slab pull on the total stress state of the slab means

this approximation is unlikely to introduce significant errors.

5.4 Thermal model

Stresses in the lithosphere arising from cooling prior to subduction, heating during
subduction and the basalt to eclogite transition are all temperature-dependent pro-
cesses. Additionally, the temperature-dependent rheology controls the response of
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the lithosphere to stress and deformation by creep. The high sensitivity of the total
stress profile in the slab to temperature means that using an accurate thermal model is

very important.

T=0 >

\I
7

.......

1D vertical slice
of lithosphere

Figure 5.7: The model domain and parameters

The lithospheric temperatures required by the viscoelastic model can be calcu-
lated in one or two dimensions using the finite difference method to solve the thermal
advection-diffusion equation. Given that the temperature of the lithosphere is affected
by its interaction with the thermal state of the whole domain, a two-dimensional tem-
perature calculation is likely to give more accurate results. Here a 2D thermal model
is described, from which the temperatures in the lithosphere are extracted for each
timestep and used in the viscoelastic model. The model subduction zone is shown in

figure 5.7.

5.4.1 Solving the thermal advection-diffusion equation with the fi-

nite difference method

The thermal advection-diffusion equation can be written

oT 1
— = —V.(kVT) —0.VT 5.37
5 = 50 V-V~ (537)
where T is temperature, ¢ is time, v is velocity, p is density, C,, is specific heat capacity,
and k is is thermal conductivity.
Treating time as a series of timesteps, if the the change in temperature with time

OT /ot is found from equation 5.37, then this can be used with the temperature at time
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toa to calculate the new temperature at time ?,,.,,,

oT
T(tneur) — T(told) I EAt (538)
where At is the time step. This is known as the explicit, or forward difference method,

which has a maximum timestep for stability of

A < k (min(Ax, Az))?

< 20, (5.39)

where Az and Az are the grid spacings used to discretise the domain.
In order to solve the thermal advection-diffusion equation and find 97'/0t, a finite
difference scheme is used. The domain is discretised into regularly spaced nodes as

shown in figure 5.8, and where each node is initiated with a temperature.

AX

([
AXx Ti,j+1 Az

v 1* 1

([ ) o
Ty Ty T,
a) 1D finite difference

®
T

b) 2D finite difference

Figure 5.8: Discretisation of domain into nodal points

The governing thermal differential equation is then approximated by calculating
spatial derivatives for temperature at each node. In a one-dimensional situation such
as shown in figure 5.8a, this can be calculated numerically using the central difference

approximation (Majumdar, 2005),

OT _ Ti—Tiy

— = 5.40

Jx 20w ( )
In a similar way, second derivatives can be calculated,
32 ) S }

0T _ T+ T 1—21 (5.41)

oz? Azx?
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In two dimensions as shown in fig 5.8b, the second derivative can be found using

&T 8T

gy "4

\Valk 52 + 5.2 (5.42)
T + B0y — 2154 Togoa + Liga — 254

- < Ax? + Aéz 5-43)

Using values of p = 3300kgm=2, C, = 1000Jkg'K—1, and k = 3.5Wm 'K !
(Turcotte and Schubert, 2002), the diffusion part of equation 5.37 can be calculated. To

calculate the advection term, the velocities in the subduction zone must be found.

5.4.2 Velocities in the subduction zone

In order to find the advection term of the thermal finite difference formulation, the
velocities in the subduction zone need to be found. Velocity, v is calculated from the
cornerflow solution of Batchelor (1967) for both the arc and oceanic corners. The ve-

locity in polar coordinates is
100 O
V= [—0—1 —i} (5.44)

b=k = () = £16) (5.45)
=22 2 (r1(6)) = 1(6) (5.46)

i = Ff() = ¥ (5.47)
where
V3[V3)] =0 (5.48)
— 1 /0'© 20°0
o2, _ ~ (99 o) — _
VeVaY] = = (8@4 + 502 + O> 0 (5.49)
which has the general solution
f(0) = Asinf + Bcosf + COsinf + D cos 0 (5.50)

Solving to find these constants in the arc and oceanic corners and substituting back

into the equation gives angular and radial velocities as follows.
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Arc corner:

U
O = g g (S Ba{ 0y sin ) = el § 08 ) <+ ik {8l i - 56, cow ]
62 — sin” 0,
~U
vy = o (6 — ) sin 6 sin§ — 0,0 sin(6, — )] (5.51)
62 — sin* 0,
Oceanic corner:
"0, +sind, P SH » — ) cos® — fcos(h, — 0)]
U s o &
vy = 9.+ sing, (6, — 0)sin® + Osin(h, — 0)] (552)

where U is the scaling velocity and 6, and 6, are the arc and oceanic angles respectively.

Y

Figure 5.9: Corner flow velocity vectors for the subduction zone

Figure 5.9 shows the velocity vectors this produces for the subduction zone, which
are then used in the finite difference calculation to develop temperatures for the sub-

duction zone.

5.4.3 Temperatures produced by the 2D thermal model

The thermal model solves the thermal advection-diffusion equation using the corner-
flow velocities, and calculates the temperatures across the subduction zone using the
parameters of velocity, plate age, and slab dip. Typical temperatures calculated for a
subduction zone are shown in figure 5.10.

To incorporate these temperatures into the 1D viscoelastic model, the coordinates
of the vertical slice lithosphere under consideration are used to map the position of the
1D slice onto the 2D thermal model as shown in figure 5.11, and the temperatures for

each node are extracted.
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Figure 5.10: Temperature contours for the subduction zone as calculated in 2D thermal
advection-diffusion model
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Figure 5.11: Mapping of 1D viscoelastic model onto 2D thermal model to extract tem-
peratures

5.5 Summary of the viscoelastic model

The one-dimensional model follows a vertical slice of lithosphere from the spreading
ridge to the trench and into the subduction zone, predicting stress development. Be-
fore subduction, thermal stresses and the ridge push force determine the stress-depth
profile of the slab; during subduction the slab is subject to viscous stresses, thermal
stresses, metamorphic stresses, bending stresses and the slab pull force. The total
stress profile is heavily dependent on slab temperatures, which are extracted from

a two-dimensional thermal model. Stress memory, stress transfer, and brittle failure
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are all included in the viscoelastic model. The stresses in the lithosphere prior to and
during subduction can be found by calculating the stresses acting on the slab at each
timestep and propagating this forwards with time.

Chapter 6 presents sensitivity tests and results from this model and applies them
to observations from subduction zones. Chapters 7 and 8 use the model to investigate
stress accumulation in subduction in north Chile and northeast Japan.
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Chapter 6

Stress accumulation in the subducting
slab: results from the one-dimensional

viscoelastic model

6.1 Introduction

The viscoelastic model described in chapter 5 is formulated to investigate stress devel-
opment in the subducting lithosphere. A one-dimensional, vertical slice of the litho-
sphere is tracked from the mid-ocean ridge and down through the subduction zone, as
shown in figure 6.1. Forces such as ridge push and slab pull, and strains from bending
and volume changes act upon the slab to induce stresses. Since this is a viscoelastic
model and the slab has a stress memory, large stresses can accumulate in the cool,
high viscosity regions. Renewable stresses produce creep in the warmer regions of the
lithosphere, transferring the stress to the elastic upper lithosphere. If this stress ex-
ceeds the brittle strength of the lithosphere, it will fracture and fail, causing seismicity.

The results of this viscoelastic model are presented here. The importance of the
stress history from the cooling ocean basin is explored, as well as the differences that
result from using different temperature profiles. The sensitivity of the model to the
various sources of stress is investigated, using models that include or exclude each
stress source in turn. The sensitivity of the stresses to the model variables of plate age,
slab dip, and subduction velocity are examined. These numerical experiments will
help to determine what the primary controls on the slab stress profile are, and how the

stresses develop over time.
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1D vertical slice
of lithosphere

Figure 6.1: The 1D viscoelastic model, following a vertical slice of lithosphere from the
ocean ridge to subduction

6.2 Stress development in the lithosphere prior to and

during subduction

Between the mid-ocean ridge and the subduction zone, the lithosphere accumulates
stresses from the ridge push force, and from cooling. Immediately prior to subduction
the lithosphere begins to bend, inducing tensile stresses in the upper lithosphere and
compressive stresses in the lower lithosphere. During subduction more stresses arise
from the thermal expansion associated with heating, the basalt to eclogite transition,

unbending, and the slab pull force.
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Figure 6.2: Evolution of stresses in the subducting slab before and during subduction.
The oceanic lithosphere starts subducting at time t=0. Values in italics indicate the

depth of the top of the slab.
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Figure 6.2 shows the stresses that are induced in the lithosphere during a typical
evolutionary history. Using temperatures extracted from the 2D thermal model as
described in chapter 4, the lithosphere cools for 100Myr on its way to the collision
zone, then is subducted at 30° and 3cm/yr. All values used in this model are listed in
table 6.1; these parameters will be explored in depth later in this chapter.

For this and all subsequent figures, subduction is initiated at time=0, and the ver-
tical depth scale is the perpendicular distance from the top of the slab. The stress sign

convention is negative for compression, positive for tension.

Parameter Value

Plate velocity 3cm/yr

Plate age 100Myr

Dip angle 30°

Ridge push force -2.8 x 10""Nm™!
Thermal coefficient of expansion, a 3x10~°
curvature gradient 1x 107" Nm™!
Volumetric change due to basalt to eclogite transition | 10%
Temperature range of the basalt to eclogite transition | 200-700°C

Slab pull force 5x 10" Nm™!
Viscosity: combined diffusion and dislocation

Table 6.1: Parameter values used for model shown in figure 6.2

Prior to subduction, the ridge push force and the cooling of the lithosphere gener-
ate the stresses that are compressive in the upper 25km of the lithosphere, and tensile
beneath, as shown in figures 6.2b and 6.2c. The bending of the lithosphere in the fore-
bulge immediately before subduction reverses this stress pattern to tension over com-
pression (figure 6.2d). This ‘bending’ polarity continues as the slab begins to subduct
and additional stresses act upon it (figure 6.2¢); the stresses from the basalt to eclogite
transition can be seen in the top few kilometers of the lithosphere after about 5Myr of
subduction (figure 6.2f). When the slab begins to unbend at about 10Myr, the stresses
revert to compression over tension (figure 6.2g), which for this model occurs at ap-
proximately 150km depth. This ‘unbending’ stress pattern is still observed 20Myr into
subduction (figure 6.2h), although a thin band of tension can be seen at the top of
the lithosphere relating to the metamorphism in the crust. By 30Myr the slab is very
warm and has rapidly decreasing viscosity, leading to stress decay throughout the
lithosphere (figure 6.2i); the only sources of stress still acting are thermal stresses and
slab pull.

The sensitivity of the stresses in the lithosphere to the model parameters and stress

sources listed in table 6.1 will now be explored.
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6.3 Stresses accumulated by the lithosphere prior to sub-

duction

The stress history of the lithosphere is an important feature of the viscoelastic for-
mulation, allowing stresses to accumulate within the slab. Between the mid-ocean
ridge and the subduction zone, the lithosphere is subject to the ridge push force, and
stresses induced by cooling. These stresses are frozen into the lithosphere, and when
subduction begins, they are advected with the slab, affecting its subsequent stress de-
velopment. Figure 6.3 shows the thermal evolution as the oceanic lithosphere cools

after formation at the mid ocean ridge, and the stresses this produces.
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Figure 6.3: Temperature and stress evolution of the lithosphere from its creation at the
mid-ocean ridge. Time is with respect to subduction at time t=0.

Figure 6.4 compares the total stresses in the slab with and without these pre-subduction
stresses. The stress states look quite different at 5Myr and 3Myr before subduction,
but the bending that begins in the forebulge is of such a large magnitude that it soon
eclipses almost all the stresses from the ocean basin history. Some minor differences
can still be seen 5SMyr after subduction initiation, but they are quite small.

6.4 Dependence of predicted stresses on the temperature

model

The temperature of the slab is an important parameter in the viscoelastic model, con-
trolling the viscosity, thermal stresses and metamorphic reactions. The temperature
profile used here can either be calculated by a 1D model, or extracted from a more
sophisticated 2D thermal advection-diffusion model, as discussed in chapter 5. Figure
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Figure 6.4: Comparison of total stress evolution in the subducting slab with (solid line)
and without (dashed line) stresses from cooling history

6.5 shows the temperatures through the slab from (a) the 1D model and (b) the 2D
model, where times are with respect to subduction initiation.

Figure 6.5 also shows the difference in the total stress at 1, 5 and 10Myr after the
start of subduction, using these two different temperature profiles. The 2D tempera-
ture calculation predicts lower temperatures, resulting in higher viscosity so the slab is
able to accumulate higher stresses. The temperature dependence of the thermal strain,
viscous strain, and metamorphic stresses also combine to produce quite a different

stress profile.
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1D temperature calculation
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Figure 6.5: Temperature profiles calculated (a) within the 1D viscoelastic model (b)
in the stand-alone 2D thermal advection-diffusion model, and their associated stress

profiles
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6.5 Dependence of stresses on rheology

The rheology of the lithosphere has a first-order effect on the slab stress profile so
the choice of viscosity formulation is very important. Figure 6.6 shows the viscosity
structure and the resulting stress evolution in the slab using diffusion creep versus a

combined diffusion and dislocation creep rheology.
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Figure 6.6: Comparison of viscosities calculated using diffusion creep only (dashed
line), or diffusion and dislocation creep (solid line), and the corresponding total
stresses produced

Hotter and higher stress regions flow by dislocation creep, whereas cooler and
lower stress regions flow by diffusion creep (Karato and Wu, 1993), therefore a model

incorporating both rheologies gives more accurate results for the subduction zone.
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In the viscoelastic model shown in figure 6.6, the model using only diffusion creep
gives higher viscosities, resulting in significantly higher stresses that persist to greater
depths.

6.6 Sensitivity of stress profile to the various stress sources

6.6.1 Thermal strain

Thermal strain in the lithosphere is induced when the cold slab begins to warm up as
it descends into the hot mantle. The amount that it expands is controlled by its thermal
coefficient of expansion, a.

Figure 6.7 shows stress prediction using only thermal stresses, while figure 6.8 is
the stress prediction without any thermal stresses; note the scale difference between
the two figures. The effect of the thermal strain is too small to be seen up to about
10Myr; after this a small contribution is apparent although it only has a small effect on
the total stress.
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Figure 6.7: Stress evolution due to the thermal stresses in the slab only

Figure 6.9 shows a model using a=3.5x10~°K~! compared with values of 2.4 x10°K™"
and 4.6x107°K~'. The difference between the generated stresses is minimal due to the

small contribution of thermal stress to the total stresses produced.

6.6.2 Bending stresses

The lithosphere bends at the collision zone for the initiation of subduction, then un-
bends in the upper mantle. This creates large stresses of opposite sign about the neu-
tral core of the slab; bending causes tension in the upper layer and compression in
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Figure 6.9: Sensitivity of total stress evolution to the thermal stresses: comparison of
coefficient of thermal expansion a of 2.4 1075,3.5x107°, and 4.6 x10~°

the lower layer, unbending induces the reverse. The majority of the focal mechanisms
recorded in double Wadati-Benioff zones show this unbending pattern of compression
over tension (Fujita and Kanamori, 1981), so modelling these bending stresses is an im-
portant part of the stress analysis (Wang, 2002). A typical subduction zone geometry
and its curvature gradient is shown in figure 6.10 (Theodoridou, 2008).

Figures 6.11 and 6.12 show the model using bending stresses only, and with no
bending stress. Of all the sources of stress in the slab, the bending stresses are the
most influential, exerting very strong control over the shape of the stress profile for
most of the subduction duration.

The curvature gradient has a first-order control on the bending stress, and there-

fore on the stress profile. Figure 6.13 shows the sensitivity of total stress evolution
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Figure 6.11: Stress evolution due to the bending and unbending of the slab only

to the curvature gradient. The reference value of 1x10~"'m~* (Theodoridou, 2008) is

compared against values of half and double this number. In the early stages of sub-

duction, the stress profiles for all three curvature gradients are very similar. However,

as the slab reaches its maximum point of unbending at 10Myr, the total stresses di-
verge in both magnitude and shape; the model with the smallest curvature gradient
even produces stress of a different sign in the crust. The choice of curvature gradient

is therefore undertaken carefully.
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6.6.3 Basalt to eclogite transition

The top few kilometers of the subducting lithosphere are composed of a basaltic crust.
As the slab subducts, the basalt is transported to conditions of high temperature and
pressure, where it undergoes transformation into eclogite. This metamorphism is as-
sociated with an increase in density and a decrease in volume, inducing strain in the
slab (Kirby et al., 1996). It has been suggested that this is the cause of the upper layer
of seismicity in triple Wadati-Benioff zones (Wang, 2002).

Figure 6.14 shows the stresses due to the basalt to eclogite transition; figure 6.15
shows a model without these stresses. These metamorphic stresses are at their maxi-
mum at around 10-15Myr where they have a moderate effect on the total stress profile
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Figure 6.14: Stress evolution due to the basalt to eclogite transition only.
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and magnitude.

Figure 6.16 shows the sensitivity of the total stress profile to the basalt to eclogite
transformation. Comparing a volumetric change of 5%, 10%, and 20%, the profiles
are very similar until about 10Myr, whereupon differences can be seen both at the
top of the slab in the crust, and lower down in the slab due to the stress redistribution
through creep. Figure 6.17 shows the sensitivity of the model to the temperature range
of the metamorphism. At both 5Myr and 10Myr into subduction, the model with the
biggest temperature range shows the highest magnitudes of stress. Although the total
volume change is the same, applying it over a longer period increases the stresses

accumulated from metamorphism because they are not dissipated so quickly.
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Figure 6.16: Sensitivity of total stress evolution to the basalt to eclogite transition: com-
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Figure 6.17: Sensitivity of total stress evolution to temperature range for the basalt to
eclogite transition: comparison of 300-600°C, 200-700°C, and 100°-800°C

6.6.4 Slab pull

The negative buoyancy of the cold, dense slab is the main driving force for subduction,
and is estimated at 5x10">Nm~! (Turcotte and Schubert, 2002). Unlike the other stress
sources, it is a renewable source of stress in the slab (Bott and Kusznir, 1984), meaning
it is applied throughout subduction; when all the stresses from the other sources have
dissipated, stresses arising from slab pull are still renewable.

Figure 6.20 shows the total stress evolution using a slab pull force of 1, 5, or 10
x10">Nm~'. The response of the total stress profile is very minor, so varying the value
of the slab pull force make little difference.

Figure 6.18a shows the stresses generated by slab pull when it is applied to a piece
of lithosphere with no ocean basin cooling history. Figure 6.18b shows the stresses
generated by slab pull when the lithosphere already has a stress profile from cooling
and the ridge push force prior to subduction. Figure 6.19 shows the model with no slab
pull force included. The stresses that slab pull induces in the subducting lithosphere
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are about an order of magnitude smaller than the stresses generated through bending,
so the contribution to the total stress state is small, although does grow over time
rather than dissipate.

Figure 6.20 shows the sensitivity of the total stresses when the slab pull force is
1x10'%,2x10'2, and 10x 10" Nm~". The influence of slab pull on the total stresses is so

small that the differences between these stress profiles is negligible.

6.7 Dependence of stresses in the lithosphere on slab dip,

plate age, and velocity

The principal controls over the development of the subducting slab are the age of
the oceanic lithosphere, the angle at which the slab subducts, and the convergence
velocity. All three variables have a direct effect on the temperatures, viscosities, and
the stresses within the slab. By modelling how the total stress profile changes with
parameter values, the various relationships can be investigated, giving insight into
the processes of stress accumulation leading to Wadati-Benioff zone seismicity. In the
following models comparing the sensitivity of the slab stresses to plate age, dip angle

and plate velocity, all the stress sources are included.

6.7.1 Sensitivity of slab stresses to the age of the lithosphere

The age of the oceanic lithosphere at the start of subduction controls the temperature
of the slab, as well as other related mechanisms. An older slab will be colder, which
means that during subduction it will take longer to heat up to ambient temperatures,
affecting stresses arising from thermal expansion and metamorphism. The accumula-
tion of stresses in the slab will also be affected. Figure 6.21 compares models that use
a plate age of 25, 50, or 100Myr, keeping the dip angle at 30° and the plate velocity at
3cm/yr.

The model in 6.21a is the warmest, with a plate age of 25Myr at the point of sub-
duction. Only the top third of the slab is cold and rigid enough to accumulate any
stresses; the bottom two-thirds deform by viscous creep if stress is applied. The maxi-
mum stresses occur approximately 10Myr after subduction initiation, and appear to be
mostly due to the metamorphic and bending stresses. By 20Myr the slab has warmed
up so much that almost all the stresses have dissipated.

The model in 6.21c has a much colder plate, with an age of 100Myr at the start
of subduction. The low temperatures mean that the top 75km of the slab is able to
accumulate stresses. The low temperatures also mean that the slab takes a long time
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Figure 6.21: Sensitivity to plate age. Comparison of models with 25, 50 and 100Myr
old slabs. Dip angle is 30°, convergence velocity is 3cm/yr. Numbers in italics refer to

the depth of the top of the slab.

to heat up, so these stresses persist for over 30Myr, which for this model of 3em/yr
and 30° dip translates to 450km depth, covering the intermediate depths where double

seismic zones are observed.
The 100Myr old slab shows a very strong unbending stress pattern around 10Myr-
20Myr into subduction (150km-300km depth) relating to focal mechanisms of com-

pression over tension observed in the majority of double seismic zones (Fujita and
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Kanamori, 1981). The two cooler plates of ages 25Myr and 50Myr both show a triple
stress pattern of tension in the crust, followed by compression over tension, relating

to focal mechanisms observed in triple seismic zones (Igarashi et al., 2001).

6.7.2 Sensitivity of slab stresses to the plate dip angle

The dip angle of the oceanic plate may or may not depend on slab pull (Uyeda and
Kanamori, 1979; Cruciani et al., 2005), and seems to vary with time (Lallemand et al.,
2005). Values of slab dip angle worldwide range from 11° to 90°, but most are around
intermediate values of 30° to 50° (Uyeda and Kanamori, 1979). The dip angle controls
the radius of curvature of the slab, and with it the bending stresses. The dip angle also
affects how quickly the cold slab reaches the hot mantle, and therefore affects thermal,
metamorphic, and viscous stresses.

Dip angle is introduced into the 1D viscoelastic model in two ways. First, the dip
angle controls the curvature gradient used to calculate the bending stress; a steeper
angle means a smaller radius of curvature and therefore higher bending stresses. Sec-
ond, the 2D thermal model which provides the temperatures in the slab has dip an-
gle included explicitly as one of its controlling parameters, affecting the lithosphere
isotherms. Figure 6.22 compares models with different dip angles, keeping the plate
age at 100Myr and the plate velocity at 3cm/yr.

Figure 6.22a shows a model with a dip angle of 15°. The low angle means the bend-
ing stresses are small, and due to the dominance of the bending stresses in the stress
profile, the total stress magnitudes are reduced. The smaller bending stresses also
mean that more of the contributions of the other stress sources can be seen, especially
the tensile peak from the basalt to eclogite transition. The lower angle means the slab
takes longer to heat up, so the stresses that are accumulated take longer to dissipate;
the unbending stress shape is still very prominent at 30Myr.

Figure 6.22¢ shows a model where the slab dips at 45°. The bending stresses are
large due to the steeper angle of subduction especially in the unbending phase. The
high angle also means the cold slab enters the hot mantle more rapidly, increasing
the temperature-related stresses associated with thermal expansion and the basalt to
eclogite transition. The combination of these mechanisms occurring together mean
that between 10Myr and 20Myr the slab accumulates very high stresses.

All three models are dominated by the bending and unbending stresses, and all
show the unbending pattern 10Myr into subduction, as frequently observed in double
seismic zones. The model with the steepest angle of 45° shows a very strong unbend-
ing pattern at 10-20Myr (200-400km depth). The model with the low dip angle of

96



1Myr

Depth (km)

S5Myr

10Myr

20Myr

30Myr

(a) Dip angle =15°

Stresses (MPa)
10000 5000 O 5000
L i o WY
[
8km 100
210000 5000 0 5000
L i 0.3 I
38km 100
10000  -5000 5000
77km
10000 5000 0 5000
L i O ’
155km 1004
10000 5000 0 5000
L e o WY 3
50
232km 100

(b) 30°
10000 5000 0 5000 |
i
|
|
i
15km
210000  -5000 0 5000
t i 0O il
0
75km 100
210000  -5000 0 5000
L " D+ ’
150km
210000  -5000 0 5000
300km
210000  -5000 0 5000
L i o WY )
50
450km 100

(c) 45°

210000 5000 ~ 5000 |
21km

210000  -5000 0 5000
106km

10000

5000

5000 0
i
|

212km

-10000

5000 0
|

424km

-10000 5000 0 5000
50

636km -

Figure 6.22: Comparison of models with a slab dip angle of 15°, 30°, and 45°. All
models have a convergence velocity of 3cm/yr, and a plate age of 100Myr. Numbers
in italics refer to the depth of the top of the slab.

15° has smaller bending stresses and shows a triple seismic zone at 20Myr, or 150km
depth, the right signs and depths to be in agreement with recorded focal mechanisms

in northeast Japan (Igarashi et al., 2001).
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6.7.3 Sensitivity of slab stresses to the plate velocity

Assuming the oceanic lithosphere moves uniformly and does not stretch or thicken,
the plate velocity at the surface will be the same as the slab velocity during subduction.
The speed of descent affects the rate of heating and the associated stresses that arise
from thermal, viscous, and metamorphic strains. It also controls the magnitude of the
bending stresses.

The plate velocity is introduced into the 1D viscoelastic model as one of the fac-
tors for calculating the bending stress, where a faster plate will bend more rapidly,
generating higher stresses. It is also one of the parameters in the 2D thermal model,
controlling speed of descent into the mantle and therefore the temperatures in the slab.
Figure 6.23 shows models comparing plate velocities of 1, 3 and 5cm/yr, keeping the
plate age at 100Myr, and the dip angle at 30°.

Figure 6.23a has a very slow plate velocity of 1cm/yr, and so does not even begin
to unbend until approximately 20Myr after the start of subduction. The low velocity
means that stress accumulation occurs at a modest rate, but it also means that the slab
stays colder for longer so the stresses do not dissipate as quickly.

Figure 6.23c shows stresses from a model with a plate velocity of 5cm/yr. This high
speed means that the stresses due to bending start and end quickly, are significantly
higher, and dominate the stress profile. The velocity also means that the slab moves
into the hot mantle very quickly, heating rapidly and accruing greater temperature-
dependent stresses such as thermal and metamorphic stress. However the fast heating
also means that the slab is too hot to maintain any more stresses by the time it has
subducted for 30Myr, which for this model is about 750km depth.

All three models have total stresses that indicate bending at shallow depths, fol-
lowed by the unbending pattern of compression over tension, in accordance with
observed focal mechanisms from many seismic zones. Additionally, all three show

periods of triple zone stress patterns, both before and after the unbending maxima.

6.8 Summary of the viscoelastic model results

Using a viscoelastic formulation to model the lithosphere is advantageous because it
includes behaviour such as stress transfer and stress memory. These aspects mean that
stresses that are generated can accumulate in the upper lithosphere until they exceed
the brittle strength of the lithosphere, causing the seismicity in Wadati-Benioff zones.
The interplay between the stress sources is the origin of the observed double and triple
bands.
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Figure 6.23: Comparison of models with plate velocities of 1, 3, and 5cm/yr. All mod-
els have a plate age of 100Myr and a dip angle of 30°. Numbers in italics refer to the

depth of the top of the slab.

This one-dimensional viscoelastic model explores the consequences of subducting
a viscoelastic slab into the mantle. The results presented here show the dependence
of the stresses in the lithosphere on temperature, stress history from the ocean basin,

the various stress sources, and the three controlling parameters of plate age, dip angle,

and plate velocity.
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A two-dimensional thermal advection-diffusion corner-flow model is used to ob-
tain temperatures for the subducting slab. This produces a more accurate, colder tem-
perature profile than the 1D temperature model, meaning the stresses throughout the
slab are higher and persist for longer.

Prior to subduction, the oceanic lithosphere accumulated stresses as it cooled, which
were then advected with the slab. These have a small influence on the total stress
within the first million years of subduction, but are quickly overwhelmed by the other
stresses arising in the slab.

Viscosity is an important factor in the development of stresses in the slab; here a
combined rheology of diffusion and dislocation creep is used, reflecting the deforma-
tion mechanisms of the different regions of the upper mantle. Temperature, pressure
and stress all influence the viscosity, which controls how stresses in the slab are dissi-
pated or transferred to the upper lithosphere.

The most influential stress source is the bending and unbending of the slab, domi-
nating the stresses at all depths. The basalt to eclogite transition is also quite an impor-
tant source of stress, but is confined to the top few kilometers of the slab. The thermal
strain has a small but noticeable effect on the stress profile, and whilst slab pull only
has a small effect on the stress state, it is the only renewable stress source so is most
influential at greater depths when the other stresses have dissipated.

Plate age, dip angle, and convergence velocity all affect the stresses accumulated
by the slab primarily through their influence on the slab temperature. A higher angle
or a faster velocity means that the cold lithosphere heats up more quickly as it rapidly
penetrates the hot regions of the mantle, meaning the slab will accumulate higher
temperature-related stresses from the volumetric changes associated with thermal and
metamorphic effects. An older slab is colder and more viscous, accumulating higher
stresses that take longer to dissipate because it takes longer for it to warm up.

Plate age, dip angle, and convergence velocity also control the slab bending, which
generates the largest stresses in the slab. Plate velocity is one of the factors in calcu-
lating the bending stress, so a faster plate will generate higher stresses. Large bend-
ing stresses are also caused by high dip angles, since the angle dictates the curvature
gradient, the other factor in the bending stress calculation. Bending stresses are also
affected by the age of the slab, which controls the temperature and the viscosity. An
older slab will be thicker and stiffer, accumulating higher stresses throughout more of
the slab.

The stress patterns produced here are largely dominated by the bending and un-
bending stresses at intermediate depths, which is in good agreement with the majority
of focal mechanisms recorded at double Wadati-Benioff zones (Sleep, 1979; Fujita and
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Kanamori, 1981). Additionally, some models also show tension in the crust due to
the basalt to eclogite transition, which agrees with the focal mechanisms recorded for
triple seismic zones. The magnitudes of the stresses are in the GPa range, which is on
the right order of magnitude suggested by observations (Andersen et al., 2008; John
et al., 2009) and other models (Cizkova et al., 2007; Babeyko and Sobolev, 2008). This
therefore makes this viscoelastic model a useful and relevant tool for investigating the

causes of subduction zone seismicity.
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Chapter 7

Modelling stress accumulation in the

subducting lithosphere beneath north

Chile

7.1 Introduction
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Figure 7.1: Chile, South America, and the local tectonic plates system, after Schellart
and Rawlinson (2010). Arrows indicate plate motion.
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The subduction of the Nazca plate underneath the South American plate (figure
7.1) takes place over a 3,000km length, with earthquakes recorded up to depths of
650km, although there is a break in seismicity between depths of 320km and 525km
(Barazangi and Isacks, 1976). In northern Chile, between about 19°-24°S, and 66°-
71°W, a double seismic zone is observed between 90km and 150km depth (Comte and
Suarez, 1994; Comte and Suérez, 1995; Rietbrock and Waldhauser, 2004).

The 2D viscous model and the 1D viscoelastic model described and demonstrated
in chapters 3-6 are here applied to the north Chile subduction zone to investigate stress
accumulation in the downgoing slab, and the causes of the observed Wadati-Benioff

zone seismicity.

7.2 Key parameters of the north Chile subduction zone

The subducting Nazca plate is geologically young at around 50 million years old
(Muller et al., 1997, 2008), being relatively close to the East Pacific Rise. The seafloor
isochrons are reconstructed from magnetic anomalies, gravity anomalies, and plate
rotations, and are accurate to within 5Myr for Chile. The plate age is introduced into
both the 1D and 2D models through the temperature of the oceanic lithosphere at the

point of subduction.

| Parameter | Value |
Plate age 50Myr
Dip angle 25°
Plate velocity 6cm/yr

Rollback velocity | 2cm/yr
curvature gradient | 2x10"''m 2

Table 7.1: Parameters for the north Chile subduction zone used in the viscous and
viscoelastic models.

As with all subduction zones, the dip angle is somewhat open to interpretation due
to the difficulty in defining the exact geometry of the slab. Schurr et al. (1999) estimate
the dip angle of the slab between depths of 75km and 275km as 35°; Norabuena et al.
(1998) model the dip angle of the slab in three progressively steeper segments of 10°,
18°, then 26° until 50km; whilst Lallemand et al. (2005) find an average of 19° for the
first 125km, then 45° below. Oleskevich et al. (1999) use a shallow dip angle of 13° for
the locked portion of the slab beneath the accretionary prism.

For the 2D viscous model the dip angle is primarily imposed through the geom-
etry of the weak decoupling zone which extends from the surface to 100km depth;
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Figure 7.2: Dip angles for the (a) 2D viscous model and (b) 1D viscoelastic model

beneath this the low viscosity mantle wedge continues at the same angle for another
50km. To represent the gradual onset of the subduction dip and the influence of the
accretionary wedge, I impose a shallow dip angle of 12° for the first 40km as indicated
by Norabuena et al. (1998) and Oleskevich et al. (1999); below this I use an angle of
25°, as a weighted average of the values estimated by Lallemand et al. (2005), given
that beneath 150km there is no imposed dip angle and the slab is free to move. For the
1D viscoelastic model, the dip angle is primarily used to calculate the temperatures in
the thermal model. The constraints of this model require a single dip angle, so the 25°
angle is used throughout. The dip angles used in the 1D and 2D models are shown in

figure 7.2.
SAm6 0°
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= -
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Figure 7.3: Profiles (a) SAm6 and (b) SAm7 in north Chile as defined by Theodoridou
(2008)

The velocity of the Nazca plate is estimated variously as 2.9cm/yr (Lallemand
et al., 2005), 6.8cm/yr (Norabuena et al., 1998), 6.8cm/yr (Schellart and Rawlinson,
2010), and 9.5 (Jarrard, 1986), with a rollback velocity of 1.9cm/yr (Schellart and Rawl-
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inson, 2010), 2.3cm/yr (Jarrard, 1986) and 3.9cm/yr (Lallemand et al., 2005). From
these values I use a plate velocity of 6cm/yr and a rollback velocity of 2cm/yr. In the
2D viscous model, the plate velocity is applied through a horizontal boundary con-
dition on the top of the oceanic plate far from the trench, and the rollback velocity is
introduced by a relative movement between the overriding plate and the bottom of
the model representing the core mantle boundary. In the 1D viscoelastic model only
the plate velocity is used, where it is one of the parameters of the thermal model and
also used in the calculation of the bending stresses.
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Figure 7.4: curvature gradient for the N Chile subduction zone, using profiles (a)
SAmé6 and (b) SAm?7 as defined in Theodoridou (2008)

The 1D viscoelastic model also requires the curvature gradient of the slab to calcu-
late the bending stresses. If the shape of the subducting slab is found by fitting a spline
to the Wadati-Benioff zone seismicity, the curvature gradient is the third derivative of
this spline. The curvature gradients used to model the north Chile subduction zone
are taken from the work by Theodoridou (2008). The cross-sectional profiles along
which the observations are taken are shown in figure 7.3. The seismicity, upper and
lower fitted splines, and curvature gradients are shown in figure 7.4; the curvature

gradient is very sensitive to the slab profile. The curvature gradient is applied to the
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1D viscoelastic model sinusoidally: using the data shown in figure 7.4, the amplitude
is estimated at 2x 10~ ''m~? with a wavelength of 500km, shown in figure 7.5.
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Figure 7.5: curvature gradient as applied to the 1D model

The current phase of subduction beneath Chile began approximately 25Myr ago,
when the Farallon plate broke up into the Cocos and Nazca plates (Wortel, 1984;
Wdowinski and Bock, 1994), significantly increasing convergence velocity, decreas-
ing plate age, and resulting in a lower dip angle (Pilger, 1984). However, subduction
in the region is much older than this, and the new phase of subduction began with a
fully-formed slab in the subduction zone. Unfortunately the 2D model cannot be run
long enough to model the time prior to 25Myr; instead, it begins with an unperturbed
domain where the oceanic plate is kinematically driven to initiate subduction. The 1D
model, on the other hand, uses a formulation for the region that allows the subduction
zone to develop to a quasi-steady state before the 25Myr period begins, more closely

approximating the subduction history of the region.

Using these parameters for dip angle, plate age, plate velocity, rollback velocity
and curvature gradient, together with the full formulation of the models as described
in chapters 3 and 5, the stress accumulation within the subducting slab over the most

recent 25Myr period can be explored.

7.3 Modelling stress accumulation in the subducting litho-

sphere in north Chile with the 2D viscous model

The subduction zone development of north Chile is here explored using the 2D thermo-
mechanical model described in chapters 3 and 4, which uses a viscous rheology, kine-

matic boundary conditions and dynamic driving forces to investigate the generation
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of stress in the lithosphere.

The parameters listed in table 7.1 are used to describe the north Chile subduction
zone. The plate age is represented in the model by the temperature of the downgoing
slab at the start of subduction, the dip angle is imposed with the geometry of the weak
decoupling zone and the low viscosity mantle wedge, the plate velocity is imposed as
a boundary condition on the top surface of the oceanic plate, and the rollback velocity
is represented as a horizontal motion of the bottom boundary relative to the overriding
plate. The viscous model can then be used to predict slab development over time, and
the stresses that are generated.

Figure 7.6 shows snapshots of the downdip stress development for the north Chile
parameters. Figure 7.6a shows the model 5Myr after subduction initiation, where the
stress pattern of tension over compression indicates bending of the slab. Figures 7.6b
and c show the model at 10Myr and 15Myr respectively, with the bending stress pat-
tern until approximately 70km depth, after which the slab begins to unbend. Figures
7.6d and e show the model after 20Myr and 25Myr, where the slab has the unbending
pattern until 200km, then inverts to bending again.

The tectonic history of the region means that figure 7.6e, with 25Myr of develop-
ment, represents the current state of subduction beneath north Chile. Figure 7.7 shows
the shape of the subducting slab beneath Chile, as inferred from Wadati-Benioff zone
seismicity by Comte and Suarez (1994) and Araujo and Suarez (1994). The Chilean
slab is known to be divided into several segments (Barazangi and Isacks, 1976), each
with different geometries, as can be seen in figure 7.7b as the profiles move south.
The region classed as north Chile covers approximately 19°5-24°S, which is shown in
figures 7.7a and 7.7b(i); these correlate quite well with the slab shown in figure 7.6e
where the slab subducts smoothly and without flattening.

Figure 7.8 shows the temperature, dynamic topography, downdip stresses and ve-
locities for the present-day model shown in 7.6e. Overlaid on top of the temperature
contours shown in figure 7.8a are the positions of cross sections s1, s2 and s3, taken
perpendicular to the slab top at 100km, 150km, and 200km depth respectively. The
downdip stresses along each of these profiles is shown in figure 7.8c. These profiles
show a strong double layer of compression over tension within the slab, indicating
the slab is unbending. Additionally, there is a small layer of tension above the slab
in profiles s1 and s2; this appears to occur in the weak decoupling layer between the
downgoing and overriding plates, which represents the subducting oceanic crust. Pro-
file s3 does not show this tensile band, and figure 7.6e reveals that this is the point at
which the slab changes from unbending to bending.

Figure 7.8b shows the dynamic topography for the present day model. Amplitudes
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Figure 7.6: Downdip stresses predicted for north Chile by the 2D viscous model. Fig-
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tion initiation.
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Figure 7.7: The subducting slab underneath Chile. Figure (a) shows seismic events and
an estimate of the top of the slab Comte and Suarez (1994); figure (b) shows tensional
events (open circles) and compressional events (filled circles) within the slab Araujo
and Suarez (1994).

for the trench, arc, and basin are all reasonable, within an order of magnitude of ob-
servations and predictions from other models (Zhong and Gurnis, 1992; Billen and
Gurnis, 2001). However, the large forebulge and the depression just before it are not
seen in subduction zones and models. It could be possible that this decoupling layer
somehow undermines the dynamic topography calculation, producing this anomaly;
however this seems unlikely as the dynamic topographies presented in chapter 4 also
use this decoupling layer but do not show this anomaly. It seems more likely that this
is the result of using a geometry for the decoupling zone with a shallow and a deep
angle, essentially causing a double trench, although it is surprising that this two-angle
geometry which is supposed to be a more accurate representation of the north Chile
subduction zone would have a detrimental effect on the dynamic topography. Further
investigation of the effects of subduction thrust geometry and boundary conditions on
dynamic topography would hopefully resolve this issue.

Figure 7.8d shows the velocities for the subduction zone where the white arrows
show the velocity vectors, and the background colours represent the magnitude. The
rollback velocity is apparent in the small but uniform velocity away from the slab. The

mantle wedge shows a small anticlockwise circulation which occurs in approximately
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Figure 7.8: Outputs for north Chile from the 2D viscous model shown in 7.6c: (a)
temperature; (b) dynamic topography; (c) downdip stresses along perpendicular cross
sections shown in (a); (d) velocity.

the same region as the slab unbending stress pattern shown in figure 7.6e. It is possible
that this circulation in the wedge provides an upwards force on the top of the slab,
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inducing the unbending of the slab observed in figures 7.6e and 7.8c.

7.3.1 Sensitivity of predicted stresses from the 2D viscous model for
north Chile

The 2D viscous model uses estimated values for dip angle, plate age, plate velocity
and rollback velocity as input parameters to model the north Chile subduction zone.
Each of the values listed in table 7.1 has an uncertainty associated with it; by repeating
the numerical experiment and varying the parameters within the uncertainties, the
sensitivity of the results to the input values can be assessed.

Figure 7.9 shows the differences in the models within the value ranges for (i) the
800°C temperature contour and (ii) the downdip stresses for a cross-section through
the slab when the slab top reaches 100km (slice s1 in figure 7.8).

The dip angle is estimated at 25°+5°, in light of the work by Jarrard (1986), Lalle-
mand et al. (2005) and Cruciani et al. (2005). Figure 7.9a shows that this dip angle has
some effect on the shape of the slab and the magnitude of the downdip stresses, but
the unbending pattern of compression over tension is still apparent.

The age of the subducting slab beneath north Chile is estimated as 50Myr+5Myr
(Muller et al., 2008). Although this is a 10% difference, figure 7.9b shows that this has
almost no effect on slab development or downdip stresses.

The plate velocity is estimated here as 6cm/yr, and the rollback velocity as 2cm/yr
based on the work by Cruciani et al. (2005), Norabuena et al. (1998) and Schellart and
Rawlinson (2010). Uncertainties of +1cm/yr are estimated for both. Figures 7.9c and
7.9d show that for both the variation in plate velocity and rollback velocity the shape
of the slab is changed as it enters the transition zone, but is relatively invariant at
intermediate depths. The downdip stresses are very similar for all values of plate and
rollback velocities in both shape and magnitude.

The results indicate that the slab development predicted by these parameters for
north Chile is fairly robust, and the small variations in slab shape are not dissimilar
to what is observed in south Chile (figure 7.7). The slab shape and downdip stresses
at intermediate depths are particularly invariant within the uncertainties, giving con-

fidence in the model predictions.
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Figure 7.9: Sensitivity of slab development to the four parameters of (a) dip angle (b)
plate age (c) plate velocity (d) rollback velocity. The 800°C temperature contour is
shown in (i), and the downdip stresses along s1 is shown in (ii). In all figures the solid
line indicates the reference model.

7.4 Modelling stress accumulation in the subducting litho-

sphere in north Chile with the 1D viscoelastic model

The one-dimensional viscoelastic model tracks a vertical slice of lithosphere from the
ocean ridge to the trench and through the subduction zone. Prior to subduction the

oceanic lithosphere accumulates stresses from cooling and the ridge push force, and
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immediately before subduction stresses are generated from bending in the forebulge.
During subduction, stresses are accumulated from heating, bending and unbending,
the basalt to eclogite transition, and slab pull.
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Figure 7.10: The temperature contours for Chile as calculated by the 2D thermal model.
Cross sections relate to the stresses shown in figure 7.11.

As described in chapter 4, the temperatures used in the viscoelastic model are ex-
tracted from a stand-alone two-dimensional thermal model. The isotherms generated
by this model for the north Chile subduction zone are shown in figure 7.10. Tem-
perature is one of the most important parameters in calculating the stresses in the
viscoelastic model as it determines the thermal stresses and the basalt to eclogite tran-
sition. It also influences the viscosity of the lithosphere which controls how much of
the lithosphere is able to accumulate stress, and how much undergoes viscous creep.

The key parameters to model the north Chile subduction zone with the viscoelastic
model are a plate velocity of 6cm/yr, a dip angle of 25°, a plate age of 50Myr, and
a curvature gradient of 2x 107°. The plate velocity, dip angle, and plate age are all
primarily introduced as parameters for the thermal model and therefore enter the vis-
coelastic model through the temperatures this generates. The plate velocity and the
curvature gradient are also used directly in the viscoelastic model as factors in the
calculation of the bending stress.

The stresses generated by the viscoelastic model are shown in figure 7.11; the cross-
sections in figure 7.10 show the origin of their temperatures in the thermal model. The
stresses generated by cooling and ridge push during the oceanic lithosphere’s time as
the ocean basin can be seen in figure 7.11a, 3 million years before subduction initiation.
These stresses are rapidly overwritten by the bending stress in the forebulge which is
applied 125km before the trench; this bending pattern of tension over compression is
apparent 1Myr into subduction, shown in figure 7.11b. At 3Myr (figure 7.11c), the slab
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Figure 7.11: Stresses in the lithosphere as calculated by the 1D viscoelastic model.
Numbers in italics refer to the depth of the top of the slab.

is moving from bending to unbending; this transition is completed by 5Myr (figure
7.11d) and the unbending stress pattern of compression over tension is clear, occurring
here at intermediate depths.

The unbending stress pattern can be seen throughout figures 7.11d-h, persisting
even after the unbending is complete due to the stress memory of the viscoelastic
lithosphere. The contribution to the stress from the basalt to eclogite transition can
also be seen in the lithosphere crust in these figures, eventually generating enough

stress to put the subducted oceanic crust into tension, creating a triple layer of stresses
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in figures 7.11f-h. By 30Myr (figure 7.11g), the slab is very warm and the stresses are
dissipating though viscous creep, although slab pull as a renewable stress is still being
applied.

Stress (GPa)
-7.5 -5 -2.5 0 2.5 5

E 7|

= ‘:

Q

© |

n [

Y |

S

Q i

o |

o= i

€ J

2 !

= | —— st 100km
= | ----- $2:150km
()

(&)

100 e s3:200kmm

Figure 7.12: Stresses in the lithosphere taken along cross-sections s1,s2,s3, shown in
tigure 7.8a.

Figure 7.12 shows downdip stresses taken when the slab top is at 100km, 150km,
and 200km, analogous to sections s1, s2 and s3 for the viscous model shown in figure
7.8a. The stresses for the 1D model are dominated by the unbending of the slab: all
three cross sections have a layer of compression over a layer of tension, the same as
the lower two sections in figure 7.8c. They do not, however, have the tensile layer in
the subducted oceanic crust; the stresses generated by the basalt-to-eclogite transition
are apparent but not large enough here to change the polarity of the stress.

The magnitudes of the stresses predicted by the 1D model are about two to three
times higher than predicted by the 2D model, but still within an order of magnitude
of the stress drops associated with seismicity in subduction zones. Conservative esti-
mates put this in the range 750MPa to 1.5GPa (Andersen et al., 2008; John et al., 2009),
but not all of the stress accumulated in the lithosphere will be dissipated in a single

seismic event, so the maximum stresses predicted here are quite plausible.

7.4.1 Sensitivity of predicted stresses from the 1D viscoelastic model
for north Chile

The stresses predicted for the north Chile slab from the 1D viscoelastic model are

shown in figure 7.11. These are calculated using values estimated from the literature

115



(table 7.1), although each has an associated uncertainty. Sensitivity analysis is per-
formed for the north Chile model, varying the four parameters of dip angle, plate age,
plate velocity and curvature gradient within the estimated uncertainties to explore the
response of the model.
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Figure 7.13: Sensitivity of slab stresses to the four parameters of (a) dip angle (b) plate
age (c) plate velocity (d) curvature gradient.

The dip angle of the slab beneath north Chile is estimated as 25°+5°, as discussed
for the 2D model. Figure 7.13a shows that there is some variation in stress pattern
and magnitude over these angles (here the dip angle is varied independently to the
curvature gradient). The dip angle influences the temperature contours across the
subduction zone, so the lower angle model stays colder, giving higher stresses.

The plate age is estimated as 50Myr+5Myr (Muller et al., 2008); figure 7.13b shows
the insensitivity of the predicted stresses within this range. The stresses are also very
similar for the range of plate velocities 6cm/yr +1cm/yr (as discussed previously),
shown in figure 7.13c.

The curvature gradient is estimated at 2x10~!" £ 1x10~"'m~* (Theodoridou, 2008)
owing to the difficulty in defining the topology of the slab, and the high sensitivity
of the curvature gradient to the slab shape. The bending stresses resulting from the
curvature gradient dominate the predicted stresses at intermediate depths, so these
large uncertainties significantly change the resulting stress shape, as shown in figure
7-13d.
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The point at which these stresses are taken is around the region where the slab
changes from the bending regime to unbending, to highlight differences between the
models. The stresses predicted by the model are relatively insensitive to plate age and
plate velocity, and more sensitive to dip angle and curvature gradient, but overall, the

predicted stresses are fairly robust.

7.5 Comparison of calculated stresses with observed seis-
micity

Although the presence of a Wadati-Benioff zone beneath Chile has been known for
some time (Benioff, 1954; Barazangi and Isacks, 1976), it is only relatively recently that
the narrowly-spaced double-planed structure has been observed (Comte and Sudrez,
1995). The polarities of the stresses in the two planes were originally reported as hav-
ing tension in the upper band and compression in the lower band as shown in figure
7.14 (Comte and Suarez, 1994; Comte and Suarez, 1995), but a later study concluded
there was no clear pattern (Comte et al., 1999). The most recent work shows downdip
tension in both bands, which are separated by only 9km (Rietbrock and Waldhauser,
2004), shown in figure 7.15.

(a) Iquique, 21°S (b) Antofagasta, 23°S
A3 A4
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150 250 350 200 300 400
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Figure 7.14: The double seismic zone in north Chile, with a layer of tensional events
(open circles) over a layer of compressional events (coloured circles) in a side-looking
projection. The slab top is indicated by the dashed line. (Comte and Suarez, 1994).

Both the 1D viscous and the 2D viscoelastic models presented here predict a dou-
ble layer of stress at intermediate depths, but with the more usual double seismic zone

pattern of compression over tension. Both have an additional layer of tension at the
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Figure 7.15: The double seismic zone in north Chile (Rietbrock and Waldhauser, 2004),
with downdip tension in both bands.

top of the slab, although this occurs below intermediate depths in the 1D viscoelastic
model. Neither model predicts downdip tension in both bands, and the assumption
of stresses integrating to zero in the viscoelastic model would appear to specifically
prohibit this. Isacks and Molnar (1971) and Rietbrock and Waldhauser (2004) attribute
the downdip tension in the Nazca plate to slab pull, however in both the 2D viscous
and 1D viscoelastic models slab pull has very little effect on the intermediate depth
stresses. The results of the models presented here suggest a few alternative possibili-
ties.

First, given the lack of agreement in the literature about the sign of the events, it is
possible that the double layer pattern may be a transient effect. The 2D viscous model
at 25Myr shows two changes in stress polarity along the slab length (figure 7.6e), all
occurring at intermediate depths. The 1D model also has periods between bending
and unbending where the stresses are quite complex. It may be that the slab beneath
Chile is currently in the process of changing from one regime to another.

Another possibility is the two layers observed by Comte and Suarez (1994) and Ri-
etbrock and Waldhauser (2004) are each two of the three layers of a triple seismic zone
which has a stress pattern of tension over compression over tension: could Comte and
Suarez (1994) be seeing the top two bands, and Rietbrock and Waldhauser (2004) be
seeing the top and bottom band? The 2D viscous model predicts this triple stress struc-
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ture at intermediate depths for north Chile; the top band is attributed to decoupling
in the weak zone above the slab, and the lower two bands to unbending caused by
circulation in the mantle wedge. The 1D viscoelastic model generates a double layer
of stress at intermediate depths due to slab unbending, and a triple layer at depths of
approximately 400km where the top band is attributed to the basalt-to-eclogite tran-
sition in the crust. It is not unreasonable to speculate that if the temperatures used
in the 1D viscoelastic calculation were slightly higher, this triple layer could occur at
intermediate depths. However, the problem of this hypothesis is that the two bands
of tensile stress reported by Rietbrock and Waldhauser (2004) are only separated by
about 9km, whilst the 1D viscoelastic and the 2D viscous models predict the distance
between top and bottom stress layers to be at least 30km.

A closer inspection of the shape of the slab deduced by Theodoridou (2008) shown
in figure 7.16 shows that the slab appears to bend and unbend twice, first around
the trench, and again at about 175km depth. The 1D viscous model for north Chile
imposes a single bending event which is shown in figure 7.5, where the curvature
gradient is applied sinusoidally over a wavelength of 500km. If two smaller bending
events are applied instead of one large event, the slab is essentially straight between
about 50km and 150km depth.

Distance (km)
-400 0 400 800 1200

-250 h

Depth (km)

-500

Figure 7.16: Estimate of slab shape based on Theodoridou (2008) (from figures 7.4(i)a
and b): the slab bends twice during its descent.

Figure 7.17 shows the stresses generated by the 1D viscoelastic model when the
bending occurs twice, where the curvature gradient of 2x10~''m™ is applied sinu-
soidally over a wavelength of (a) 250km and (b) 350km, centered about 25km and
175km depth. By shifting the curvature away from intermediate depths, the stresses
along profiles s1-3 are no longer dominated by the bending stresses. This allows a
more variable stress regime to emerge, where the basalt-to-eclogite transition plays a

113



more important role, putting the top of the slab into tension below 100km depth. Ad-
ditionally, the two tensile bands are now separated by as little as 15km, which is close
to the separation of tensile bands reported by Rietbrock and Waldhauser (2004).
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Figure 7.17: Stresses predicted by the 1D model when the bending is applied twice: at
25km and 175km depth, using a wavelength of (a) 250km and (b) 350km.

This is only a preliminary experiment, and has the basic flaw that whilst the bend-
ing is applied twice in the viscoelastic calculation, the thermal model can only calcu-
late temperatures for a subduction zone with a single angle. Nevertheless, the dimin-
ished bending stresses and the development of a slab with multiple layers of stress
appears to be fairly robust for the three profiles and two models. This would indi-
cate that double seismic zones with anomalous stress polarities could be the result of
a complex stress structure composed of multiple layers. Further investigation into the
relationship between slab curvature and predicted stresses is recommended to explore

this hypothesis.

7.6 Summary of predicted stresses for north Chile

Despite the 2D viscous and 1D viscoelastic models having different formulations and
implementing different rheologies, they generate quite similar stresses for the subduc-
tion zone.

The 2D viscous model predicts a strong double layer of compression over tension
which appears to be due to slab unbending under the influence of circulation in the
mantle wedge. There is also a small layer of tension at the top of the slab in the weak
decoupling zone.

Using the standard formulation of the 1D viscoelastic model where the slab only
bends once, the unbending stresses of compression over tension dominate the total

stress profile for most of the duration of subduction. An additional tensile band is
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observed in the crust due to the basalt to eclogite transition, but not at intermediate
depths. However, if the slab curvature is applied in two halves so that the slab is
straight between 50km and 100km depth, the reduction in bending stresses allows a
finer scale structure to emerge, where three or more bands of stress are seen in the slab
at intermediate depths.

These predicted stresses give some insight into the processes that govern the seis-
micity observed in north Chile. Both models are strongly controlled by the bending
and unbending of the slab, although the mechanisms causing this bending and un-
bending differ; both models also predict a layer of tension in the crust under certain
conditions. The prediction by both models that stresses of alternating polarity are
arranged in multiple layers in the slab leads to the hypothesis that double seismic
zones are underdeveloped or underobseved triple seismic zones, as suggested by pre-
vious studies (Wang, 2002; Rietbrock and Waldhauser, 2004), although observational

evidence is yet to be found.
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Chapter 8

Modelling stress accumulation in the
subducting lithosphere beneath

northeast Japan

8.1 Introduction

One of the best-known sites of Wadati-Benioff zone seismicity is beneath northeastern
Japan, where the Pacific plate subducts underneath the Okhotsk plate, as shown in
figure 8.1. Seismicity is recorded over a large area, from 138° to 143°E, and 35° to
44°N. It is one of the most seismically active regions in the world, and the first place
where a double seismic zone was observed (Hasegawa et al., 1978). It is also the only
subduction zone observed so far which shows a triple layer of seismicity (Igarashi
et al., 2001).

Seismicity in subduction zones is a direct consequence of stress accumulation and
dissipation in the subducting slab. The two-dimensional thermo-mechanical viscous
model formulated and demonstrated in chapters 3 and 4, and the one-dimensional vis-
coelastic model from chapters 5 and 6 are here used to investigate stress accumulation

in the subducting lithosphere in northeastern Japan.

8.2 Key parameters of the northeast Japan subduction

Zzone

By the time the Pacific plate begins to subduct underneath Japan, it has been cooling
for approximately 130Myr (Muller et al., 1997, 2008), making it extremely old, cold,
and dense. The plate age is introduced into both the 2D viscous and the 1D viscoelastic
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Figure 8.1: Japan and the local tectonic plate system, after Schellart and Rawlinson
(2010). Arrows indicate plate motion.

models as the temperature of the oceanic lithosphere at the trench. In the viscoelastic
model the temperatures are extracted from a two-dimensional kinematic temperature

model, as discussed in chapter 5.

| Parameter | Value |
Plate age 130Myr
Dip angle 25°
Plate velocity 8cm/yr
Rollback velocity | 1.5cm/yr
curvature gradient | 1x10""'m

Table 8.1: Parameters for the North East Japan subduction zone used in the viscous
and viscoelastic models.

Although it is often assumed that an old slab will generate a high dip angle, this
has not proved to be the case (Cruciani et al., 2005), and the dip of the slab under Japan
averages approximately 25° (Lallemand et al., 2005). In the viscous model a shallow
angle of 12° is prescribed for the upper 40km to represent the gradual onset of the dip
angle and the presence of an accretionary prism (Yoshii, 1978). This 25° dip is then
prescribed until 150km depth by the geometry of the weak zone and low viscosity
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mantle wedge, but beneath this it is free to develop. In the viscoelastic model, the
single dip angle of 25° is used in the thermal model which calculates the temperature
of the lithosphere. The angles used in both models are shown in figure 8.2.

(a) viscous model (b) viscoelastic model

127 25°
95"

Figure 8.2: Dip angles for the (a) 2D viscous model and (b) 1D viscoelastic model

The combination of a fast spreading rate at the East Pacific Rise and the large
slab pull at the subduction zone mean that the plate velocity is estimated at between
8cm/yrand 11em/yr (Jarrard, 1986; Lallemand et al., 2005; Cruciani et al., 2005; Schel-
lart and Rawlinson, 2010), with a rollback velocity of 0.5cm/yr (Jarrard, 1986), 1.5cm/yr
(Schellart and Rawlinson, 2010), and 2cm/yr (Lallemand et al., 2005). To model the
subduction zone I use the conservative values of an 8cm/yr plate velocity, and a roll-
back velocity of 1.5cm/yr, from Schellart and Rawlinson (2010). In the viscous model,
plate velocity is imposed as a kinematic boundary condition on the top of the oceanic
plate, and rollback velocity is represented by a relative horizontal motion between the
lower boundary and the overriding plate. In the viscoelastic model, the plate velocity
is one of the factors in the bending stress calculation, and influences the temperatures

via the thermal model.

45° i ; g
NWP3
NWP2
30° N .
135 150

Figure 8.3: Profiles (a) NWP2 and (b) NWP3 in northeast Japan as defined in Theodor-
idou (2008)
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The curvature gradient of the slab is also used to calculate bending stresses in the
viscoelastic model. The rate of curvature for two sections of the northeastern Japan
subduction zones are taken from Theodoridou (2008), where their locations are shown
in figure 8.3. Theodoridou (2008) fits splines to the upper and lower extents of the
Wadati-Benioff zone seismicity, and the third derivative of these fitted lines gives the
curvature gradient, as shown in figure 8.4. A conservative estimate of an appropriate
bending stress to use in the viscoelastic model based on these figures is 1x10~"'m~.
This is applied sinusoidally across the subduction zone, as shown in figure 8.5.
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Figure 8.4: curvature gradient for the northeast Japan subduction zone, using profiles
(a) NWP2 and (b) NWP3 as defined in Theodoridou (2008)

The major upheaval in the tectonic regime approximately 20-30Myr ago changed
the direction and velocity of the Pacific plate and began the latest stage of subduction
beneath northeastern Japan (Uyeda and Miyashiro, 1974; Uyeda, 1982). The viscous
and viscoelastic models are therefore run for 25Myr to develop a subduction zone that
represents the present day. However, although the new phase of subduction beneath
Japan began with a mature subduction zone, the formulation of the 2D viscous model
mean it begins with an unperturbed domain. The 1D viscoelastic model has no such
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Figure 8.5: curvature gradient as applied to the 1D model

caveats, and uses a fully-formed subduction zone from the outset. The parameters
listed in table 8.1 are used to describe the northeastern Japanese subduction zone in
the viscous and viscoelastic models, and the slab development and generated stresses

provide an insight into the processes that occur in the subducting lithosphere.

8.3 Modelling stress accumulation in the subducting litho-

sphere in northeast Japan with the 2D viscous model

The viscous model developed in chapters 3 and 4 is a two-dimensional thermo-mechanical
model using a viscous rheology incorporating diffusion creep, dislocation creep, and

a yield stress. Kinematic boundary conditions are used to impose plate and rollback
velocities, but the rest of the model is driven by internal body forces. Using the pa-
rameters listed in table 8.1, the downdip stresses generated for the Japan subduction
zone by the viscous model are shown in figure 8.6.

Figure 8.6a shows the downdip stresses in the subduction zone. At 5Myr after
subduction initiation, shown in figure 8.6a, there is a layer of tension over compres-
sion as the slab bends to begin subducting. After 1I0Myr (8.6b), there is bending until
approximately 100km depth, then the stress polarities reverse to compression over ex-
tension, indicating the unbending of the slab. At times 15-25Myr (figures 8.6c-e), there
are stress patterns indicating unbending in the upper regions of the slab and bend-
ing in the lower portions. Based on the tectonic history of the region, the model with
25Myr of development shown in figure 8.6e represents the present day. The dashed
box shows the intermediate depth regions for comparison with the subduction zones
shown in figure 8.7.

The shape of the slab subducting under northeast Japan is fairly well constrained
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Figure 8.6: Downdip stresses in the lithosphere as calculated by the 2D viscous model.

Figures shown here are at (a)5Myr (b) 10Myr (c) 15Myr (d) 20Myr (e) 25Myr after
subduction initiation. Dashed box is for comparison with figure 8.7.
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Figure 8.7: The subducting slab underneath northeast Japan, from (a) Zhao et al. (1994)
(b) Igarashi et al. (2001) (c) Nakajima et al. (2001) (d) Peacock (2001)

for the first 400km depth and approximately 400km from the trench, as determined
by tomography and seismicity (Zhao et al., 1994; Igarashi et al., 2001; Nakajima et al.,
2001; Peacock, 2001), as shown in figure 8.7. Seismicity shown in figure 8.4 indicates
the position of the slab below intermediate depths, but the focal mechanisms become
sparse, especially in the more northern segment, NWP3. The intermediate depths of
the present day model shown in the dashed box figure 8.6e compare well to the slab
shapes shown in figure 8.7, with the top of the slab arriving at approximately 150km
depth after 300km of horizontal motion (figures 8.7b and d). However, beyond this
the 2D model predicts a flat subduction model, which is not observed in Japan.

Other output parameters for the present day model (25Myr, figure 8.6e) are shown
in figure 8.8. Figure 8.8a shows the temperatures contours for the model. Overlaid
are three cross sections s1, s2, and s3 starting at 100km, 150km and 200km depth re-
spectively, which run perpendicular to the slab top, and cover the region in which
the double and triple Wadati-Benioff zones are observed (figure 8.7). The downdip
stresses along each of these lines are shown in figure 8.8¢c; the stresses for slice s3
which starts at 200km is shifted slightly higher than the other two as the slab is be-
yond the region where the dip angle is specified, and is pulled upwards by the flow
in the mantle wedge. All three cross-sections show a layer of compressive stress over
a layer of tensile stress, which is in agreement with the focal mechanisms recorded by
Hasegawa et al. (1978) for the two dominant bands of the northeast Japan subduction
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Figure 8.8: Outputs for northeast Japan from the 2D viscous model at present day,
shown in 8.6d: (a) temperature; (b) dynamic topography; (c) downdip stresses along
perpendicular cross sections shown in (a); (d) velocity.

zone. Additionally, there is a small tensile layer of stress at the top of the slab in the
weak zone, which correlates with the third band of seismicity observed by Igarashi
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et al. (2001). The compressive stresses are the larger of the two, with a maximum of
2GPa, which compares well to other models and observations (Andersen et al., 2008;
John et al., 2009; Cizkova et al., 2007).

Figure 8.8b shows the dynamic topography for the region. Like the dynamic to-
pography calculated for north Chile, the trench, arc, and outer rise are all visible, with
maxima that are high but still fairly similar to those predicted by Zhong and Gurnis
(1992). However, the very high forebulge and the depression immediately before it
are not seen in observations or models. As discussed in chapter 7, it is possible that
this is due to a boundary condition issue involving the weak decoupling layer, or due
to a superposition of a mini trench caused by the shallow dip angle of 12° represent-
ing the accretionary wedge. Further investigation into the causes of this anomaly will
hopefully shed more light on this issue.

Figure 8.8d shows the velocities in the region, where the white arrows are the ve-
locity vectors, and the coloured background indicates magnitude. The circulation in
the mantle wedge is immediately obvious, with velocities of a similar magnitude to
the plate velocity; the effect of the rollback velocity can be seen in the constant back-
ground mantle flow.

Figures 8.6 and 8.8b show the stresses in the subducting slab, which culminate in
present-day conditions of a strong layer of compression over a layer of tension, with
a small layer of tension at the top of the slab. The two main bands of compression
over tension indicate slab unbending, however this unbending cannot be a result of
stresses accumulated during an earlier phase of bending, as this is a viscous model
and has no stress memory. An alternative possibility is that the induced flow in the
mantle wedge shown in figure 8.8d unbends the slab by pulling the top surface up-
wards, often called trench suction (Forsyth and Uyeda, 1975). This flow-induced slab
unbending appears to cause the compression over tension double seismic layer seen
at intermediate depths in figures 8.6b-e. In these models, when the negative buoy-
ancy of the slab finally exceeds the upwards pull of the trench suction, the slab bends
back downwards again and the stress polarity is reversed, but this is not supported by

observations.

8.3.1 Sensitivity of results from the 2D viscous model for northeast
Japan
The values of the controlling parameters shown in table 8.1 each have an associated

error; by varying these values within the uncertainty range, the robustness of the re-
sults presented in figures 8.6 and 8.8 can be examined. Figure 8.9 shows the results of
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these sensitivity tests. Column (i) shows the shape of the slab, as defined by the 800°C
contour. Column (ii) shows the downdip stresses extracted perpendicular to the top
of the slab starting at 100km depth, referred to as s1 in figure 8.8c.

(a) Dip angle

=<
~——

(i) S (i)

(b) Plate age
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Figure 8.9: Sensitivity of slab shape and downdip stresses to the four parameters of
(a) dip angle (b) plate age (c) plate velocity (d) rollback velocity. All models shown at
25Myr development.

The dip angle is estimated as 25°+5°, based on the range of values measured by
Jarrard (1986), Lallemand et al. (2005) and Cruciani et al. (2005). Figure 8.9a shows the
model run with 20°, 25°, and 30° dips. The shallower the dip angle, the straighter the
slab and the smaller the stresses, although all three are quite similar.

The plate age is estimated as 130Myr old, with a small uncertainty of £2Myr (Muller

131



et al., 2008). Figure 8.9b shows models with a plate age of 128Myr, 130Myr, and
132Myr. The model is hardly affected by this variation at all: the shape of the slab
is nearly identical, and the stresses are also very close.

The plate velocity of 8cm/yr and rollback velocity of 1.5cm/yr are taken from
Schellart and Rawlinson (2010); in the context of values given by Jarrard (1986), Lalle-
mand et al. (2005) and Cruciani et al. (2005), uncertainties of =1cm/yr and £0.5cm/yr
respectively are estimated. Figure 8.9c shows the model run with a plate velocity of 7,
8, and 9cm/yr; interestingly the slab tip is in almost the same place for all three veloc-
ities, with more distortion of the slab in the faster models. The stresses are also very
similar, although the fastest model has a depression in the compressive part, possibly
due to the effects of the plasticity since it is colder.

Figure 8.9d shows models with a rollback velocity of 0.5cm/yr, 1cm/yrand 1.5cm/yr;
the slab shapes are virtually identical for the first 800km horizontally, after which the
rollback causes divergence between the three. The stresses are also much the same,
again with the effects of the stress-limiting plasticity appearing in the model with the
fastest rollback.

Overall the model is fairly robust within its estimated uncertainties, especially in
the intermediate depths which are the most important when analysing double seismic
zones. The shape and magnitude of the downdip stresses always show a strong layer

of compression over tension, with a small layer of tension just above the slab.

8.4 Modelling stress accumulation in the subducting litho-
sphere in northeast Japan with the 1D viscoelastic

model

The viscoelastic model described in chapters 5 and 6 follows a 1D slice of lithosphere in
a Lagrangian manner as it moves from the mid-ocean ridge to the trench and through
the subduction zone. Temperatures are extracted from a stand-alone 2D thermal model
and used to calculate viscosity. Stresses are accumulated in the slab arising from ther-
mal expansion or contraction, slab bending, the basalt to eclogite transition, ridge
push, and slab pull. The total stresses these generate in the lithosphere can then be
investigated.

The temperatures for the subduction zone as calculated by the 2D thermal model
using the values listed in table 8.1 are shown in figure 8.10. The overlaid markers
indicate the position of the lithosphere slice at the various times in its development

used in figure 8.11.
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Figure 8.10: The temperature contours for Japan as calculated by the 2D thermal
model.

Figure 8.11 shows the stresses in the lithosphere, where the depth indicates the
distance from the top of the slab. At IMyr before subduction (figure 8.11a), the stresses
are a result of ridge push and slab cooling. At IMyr after subduction initiation (figure
8.11b) the bending is at its peak, creating tension in the top of the slab and compression
below. At 3Myr (figure 8.11c), the slab is beginning to unbend, reversing the stress
polarities. By 5Myr (figure 8.11d) the unbending stress pattern is well-developed, and
this shape stays fairly constant for the next 10Myr of subduction (figure 8.11d-f). At
15Myr (figure 8.11f) the stresses from the basalt-to-eclogite transition in the crust have
created a small band of tension at the top of the slab. This stress pattern of tension-
compression-tension persists until 30Myr (figures 8.11f-h), where the only mechanism
still acting is the slab pull force.

The low temperatures at high pressures encountered by the model at 25Myr and
30Myr (figures 8.11g and h) cause the breakdown of the model; it appears that the
bottom 25km is too high viscosity for the stresses to dissipate. However, this is only
encountered at these extreme conditions, which occur at depths of 850-1000km, so
does not invalidate the stresses predicted at shallower depths.

Figure 8.12 shows stresses in the lithosphere taken along the same cross-sections s1,
s2, s3 as shown in figure 8.8. Each slice runs perpendicular to the top of the slab, start-
ing at 100km, 150km, and 200km depth respectively. In slices s2 and s3, the stresses
arising from the basalt-to-eclogite transition can be seen in the top 10km, and the shape
of the brittle strength envelope on the tensile stresses is also apparent 30-60km below
the top of the slab. The s1 slice captures the stresses in the lithosphere as it moves from
the bending regime to unbending, which can be seen in figure 8.11c.

Comparing figure 8.12 for the 1D viscoelastic model with figure 8.8¢c for the 2D
viscous model, it is clear that all the slices have broadly the same stress configuration
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Figure 8.11: Stresses in the lithosphere as calculated by the 1D viscoelastic model.

of compression over tension, indicating unbending in the slab. The differences in the
shapes of the stress profiles reflects the differences in the calculations for the 1D vis-
coelastic and 2D viscous models: the 1D model calculates the stresses generated by
the various mechanisms and allows brittle failure, whilst the 2D model calculates flow
within the slab and mantle which is tempered by a stress-limiting rheology. The mag-
nitudes of the stresses predicted from the 1D model are somewhat higher than those
predicted by the 2D model, possibly due to the lack of yield stress in the rheology for-
mulation, or because of an overestimate in quantities such as the curvature gradient,
however both models are still within half an order of magnitude of each other.
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Figure 8.12: Stresses in the lithosphere taken along cross-sections s1,s2,s3,shown in
figure 8.8.

Focal mechanisms recorded for the northeast Japan subduction zone indicate a
triple layer of tension-compression-tension in the slab at intermediate depths (Hasegawa
et al., 1978; Igarashi et al.,, 2001). The bands of compression over tension indicate
unbending in the slab, and are apparent throughout much of the slab development
history shown in figure 8.11, and predicted at intermediate depths as shown in fig-
ure 8.12. The later stages of development shown in figure 8.11 show a triple layer of
stress, where the unbending double layer is topped by a small layer of tension due to
the basalt to eclogite transition, although in this model this occurs at approximately
1000km depth. Estimates of stress drops due to subduction zone seismicity are in the
range 750MPa-1.5GPa (Andersen et al., 2008; John et al., 2009), but as seismicity is not
expected to release all the accumulated stresses at once, the stresses predicted here

seem plausible.

8.4.1 Sensitivity of results from the 1D viscoelastic model for north-

east Japan

To predict stresses for the northeast Japan subduction zone using the 1D viscoelastic
model requires estimation of the four parameters of dip angle, plate age, plate velocity
and curvature gradient. To investigate the sensitivity of the model results to these four
parameters, each is varied within its estimated uncertainties in the same manner as for
the 2D viscous model in section 8.3.1, and the stresses in the lithosphere when the slab
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top reaches 100km (cross section sl in figure 8.8a) are compared.
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Figure 8.13: Sensitivity of slab stresses to the four parameters of (a) dip angle (b) plate
age (c) plate velocity (d) curvature gradient.

The dip angle used is 25°£5° (see section 8.3.1); figure 8.13a shows that the model is
quite sensitive to this uncertainty, significantly changing the shape of the stress profile.
The 30° model also has a different stress pattern, vacillating between compression and
tension a number of times as it changes from the bending regime to unbending.

The plate age is estimated as 130Myr+2Myr (Muller et al., 2008), and figure 8.13b
shows that the model is almost unchanged within this small range of values. The
predicted stresses are also quite insensitive to the plate velocity (figure 8.13), which is
estimated as 8cm/yr+1lcm/yr as discussed in section 8.3.1.

A conservative value of the curvature gradient is estimated as 1x10~''m~* with
an error of approximately half an order of magnitude so the model is run with half
and double this figure, based on the work by Theodoridou (2008) shown in figure 8.4.
The curvature of the slab is calculated as the third derivative of the fitted spline, and
is therefore very sensitive to small variations in the slab topography deduced from
earthquake focii. The stresses are influenced quite strongly by the curvature gradient,
and these large errors have a significant effect on the shape and magnitude of the
predicted stress profiles.

Overall, the 1D model is sensitive to dip angle and curvature gradient, especially at
the depth range 100-200km, when the slab is transitioning from bending to unbending.

However, the model is quite insensitive to variations in the plate age and plate velocity.
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8.5 Comparison of calculated stresses with observed seis-
micity

The subduction zone beneath northeastern Japan was originally thought to be a double
seismic zone (Hasegawa et al., 1978) but more recent observations indicate it is a triple
seismic zone (Igarashi et al., 2001), with a layer of tension at the top, compression

below, and tension again below that, as shown in figure 8.14.
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Figure 8.14: The triple seismic zone beneath northeast Japan, (a) observed seismicity
(Igarashi et al., 2001), (b) focal mechanisms (Wang, 2002).

The stresses predicted here by both the 2D viscous and 1D viscoelastic models
show the unbending stress pattern of compression over tension at intermediate depths,
corresponding to the bands of compression over tension observed in the Japanese sub-
duction zone. In the viscoelastic model this is attributed to the slab unbending due to
the elasticity; in the viscous model there is no elasticity but the unbending stress pat-
tern is still seen, and it is proposed that this is the result of circulation in the mantle
wedge causing unbending via slab suction.

Both models also show a small tensile stress immediately above the slab at certain
points of development, corresponding to the top band of seismicity observed in the
Japan subduction zone. In the 1D viscoelastic model this top layer is attributed to the
basalt-to-eclogite transition, but appears too deep to be responsible for intermediate
depth seismicity, although if the slab acts as a stress guide it is possible that these
stresses are transmitted upwards. Alternatively, given the model sensitivity to tem-
perature, dip angle, and curvature gradient, it is possible that more accurate estimates
of these values could move this band into intermediate depths. In the viscous model
this band does appear at intermediate depths, and appears to be due to the decoupling
in the weak zone at the top of the slab.

The lower two bands of seismicity showing compression over tension for the north-
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eastern Japan subduction zone have often been attributed to unbending in the slab
(Engdahl and Scholz, 1977; Sleep, 1979). Both the 2D viscous and 1D viscoelastic mod-
els would support this assertion, although the mechanisms behind the unbending are
quite different. Additionally, it has been proposed that the top band of tension is due to
the basalt to eclogite transition in the crust (Wang, 2002). In the 2D viscous model the
top band is seen at intermediate depths but there is no mechanism for this transition in
the model formulation; instead the band is attributed to decoupling in the weak layer.
In the 1D viscoelastic model this tensile band does originate from the basalt metamor-
phism, but occurs below intermediate depths. It is possible that warmer subduction
zone temperature would decrease the depths at which this tensile band is seen; alter-
natively, smaller unbending stresses might permit the earlier appearance of this tensile
band.

8.6 Summary of predicted stresses for northeast Japan

Both the 2D viscous and the 1D viscoelastic models for northeast Japan predict a dou-
ble layer of stress at intermediate depths, with compression over extension in agree-
ment with observations. In the 1D viscoelastic model these bands indicate unbending
as a direct consequence of stresses accumulated during prior bending. In the 2D vis-
cous model these stresses are attributed to slab unbending due to circulation in the
mantle wedge.

Additionally, the 2D viscous model predicts a small layer of tensile stress at the
top of the slab, due to the weak decoupling layer representing the subducting oceanic
crust. This correlates well with the band of seismicity in the crust reported by Igarashi
etal. (2001). The 1D viscoelastic model predicts a layer of tensile stress in the crust due
to the basalt to eclogite transition, but not at intermediate depths.

Both models give very similar results despite the differences in their formulations,
and further investigation is necessary to determine which is a more accurate descrip-

tion of the subduction beneath Japan.
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Chapter 9
Discussion

In this work I formulated two independent models to investigate stress accumulation
in the subducting lithosphere which leads to Wadati-Benioff zone seismicity. The first
is a two-dimensional model of the subduction zone using thermo-mechanical code
and a viscous rheology. The second is a one-dimensional model of a subducting slice
of lithosphere using a viscoelastic rheology. General results from these models were
presented in chapters 4 and 6; these models were then both applied to the case studies
of Chile and Japan in chapters 7 and 8. Despite differences in their formulation and
rheology, both models consistently predict stresses that indicate slab bending followed
by slab unbending, with the unbending pattern of compression over tension dominat-
ing the stresses at intermediate depths. An additional band of stress in the slab crust
is also often predicted above these unbending stresses. This chapter discusses general

trends, sensitivities and errors, and interpretation of these models.

9.1 Stresses predicted by the 2D viscous model

The 2D model uses a viscous rheology with kinematic boundary conditions and dy-
namic driving forces to predict the development of the subduction zone over a hori-
zontal region of 6,000km extent, and from the Earth'’s surface to the core-mantle bound-
ary. The thermo-mechanical formulation calculates temperatures, velocities, and pres-

sures; these are then used to calculate viscosities, densities and stresses.

General trends in stresses predicted by the 2D viscous model

For all the models shown in this work, the 2D model predicts two bands of opposite-
signed stress centered about a neutral plane running down the length of the subduct-
ing slab. All of the models are dominated by the unbending stress pattern of compres-
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sion over tension at intermediate depths, although in very early and very late stages
of development there is some variation. A typical subduction zone development gen-
erated by the 2D model is shown in figure 9.1.
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Figure 9.1: Viscosity (i), velocities (ii), and downdip stresses (iii) shown after (a) 10Myr
(b) 20Myr (c) 40Myr. Model parameters are v,=3cm/yr, v,=0, plate age = 100Myr, dip
angle = 30°.

After 10Myr of development (figure 9.1a), the whole slab still has quite a high vis-
cosity. The flow vectors show that there is some flow in the mantle wedge, and slab
bending is the dominant motion resulting in slab stresses that are mostly tension over
compression.

At 20Myr (figure 9.1b), there is a distinct core of high viscosity material running the
length of the slab. The movement of the slab induces circulation in the mantle wedge
and mantle flow underneath the slab, and the stresses in the slab consist of a band of
compression above the stiff core, and a band of tension beneath.

At 40Myr (figure 9.1c), the high viscosity core runs all the way down the slab, but
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as the slab passes the bottom of the prescribed low-viscosity mantle wedge it briefly
widens. The flow vectors show that there is still circulation in the mantle wedge, but
the flow in the whole mantle has been accelerated to the plate velocity. The resulting
stresses in the slab show an unbending pattern until approximately 200km depth, then
an inversion to a bending pattern of tension over compression. This change in stress
polarity coincides with the bottom of the mantle wedge where the high viscosity core
is at its widest, but a high viscosity in itself would not be cause for low or fluctuating
stresses. It appears that the slab widens as it passes the bottom of the prescribed low-
viscosity mantle wedge, lowering the stresses and increasing the slab viscosity. When
the stresses resume their two-layer structure below this point, they have reversed their
polarity to tension over compression, implying that the there is now more downward

than upward force acting,.

Sensitivities and errors in the 2D viscous model

The sensitivity tests in chapter 3 demonstrated the invariance of the stress pattern to
viscosity structure, yield stress, density and conductivity, although the viscosity struc-
ture and density did have a small effect on the shape of the slab. The inclusion of
the weak regions used in the low viscosity zone and mantle wedge to decouple the
oceanic plate from the overriding plate were shown to be vital in initiating and main-
taining subduction, and the presence of a weak layer at the surface of the oceanic plate
to approximate a free surface was also very important. These aspects are quite pre-
scriptive but unavoidable; however they do appear to be an adequate approximation
of the Earth system in this model as reflected in quality checks on the other model
predictions such as dynamic topography.

Four key parameters of plate age, dip angle, plate velocity and rollback velocity
control the 2D model. The age of the plate at the point of subduction only really
affects the width of the stress layers: an older slab has more cold material and thus
wider bands of stress. The dip angle influences the shape of the plate somewhat, but
the stresses are largely unaffected. The plate velocity has the most influence on the
slab development through the mantle flow it induces: faster slabs create more mantle
flow which accelerates their progress. The slab stress state is closely linked to slab
development, so the plate velocity also affects the resulting stresses after a set period
of time. The rollback velocity affects the shape of the slab via the action of the viscous
mantle, but the stress patterns are largely unchanged.

The slab stress pattern development shown in figure 9.1 is therefore quite robust;
the shape of the slab has some small variation, but the double stress pattern of com-

pression over tension at intermediate depths is almost always seen.
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Interpretation of 2D viscous model stresses

The most common intermediate depth stress pattern of compression over tension has
often been attributed to the unbending of the subducted lithosphere due to its elas-
ticity (Isacks and Barazangi, 1977), where stresses are ‘frozen in’ to the slab during
bending at shallow depths (Wang, 2002). The 2D model predicts the same stress pat-
tern of compression over tension using a viscous rheology, with no elastic components
such as stress memory that would be necessary for the slab to spontaneously unbend.
An alternative explanation of this slab unbending is therefore required.

One possibility is that the stress pattern of compression over tension is the result of
a slab with a stiff core being unbent by a vigorous flow in the mantle wedge (see figure
9.2). Figure 9.1b demonstrates the three elements of this hypothesis: the high viscosity
core of the slab due to its temperature and stress dependent rheology; the induced
mantle flow with an upwards component in the mantle wedge, and the generated
stress pattern of compression over tension. As the slab continues to move horizontally,
at some point the downward force of the slab pull exceeds the upwards force of the
mantle wedge circulation, as seen in figure 9.1c; the slab then begins to sink under its

own weight, reverting to the bending stress pattern of tension over compression.

Vplate
> %

bending

unbending

Figure 9.2: Schematic diagram of the circulatory flow in the mantle wedge acting to
unbend the slab about its stiff central core

The two key components of this hypothesis are rheology and mantle flow. The
rheology used in this 2D model is viscous, calculated as the harmonic mean of diffu-
sion, dislocation, and plasticity. These are dependent upon temperature and stress; an
olivine mineralogy is used throughout. This rheology results in high viscosity in areas
of low temperature, for example, in the core of the slab, giving the slab a rigidity that
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ensures the slab subducts rather than drips (Kaus and Becker, 2008). Any forces acting
on the slab that are not exclusively down-dip would cause flexion about this stiff core,
resulting in a band of stress on either side of the core with opposite signs.

The flow in the mantle wedge is an important aspect of this model, bringing warm,
low viscosity material into the subduction zone and helping to keep the overriding
and subducting plates decoupled. If the flow in the mantle wedge forms a small cir-
culatory cell, and if this circulation is strong enough, it may exert an upwards force
on the slab, causing it to unbend. This circulation has been described as slab suction
(or trench suction), and is defined as the poloidal flow in the mantle wedge above
the subducting slab due to the viscous coupling between the subducting and overrid-
ing plates (Forsyth and Uyeda, 1975). Poloidal mantle flow induced by a subducting
slab has been predicted by both laboratory experiments (Schellart, 2004) and numer-
ical models (Piromallo et al., 2006). Studies investigating the relative contributions
of the slab suction and slab pull forces on driving plate motion found that they are
of comparable magnitude (Conrad and Lithgow-Bertelloni, 2002), with slab suction
from mantle flow accounting for 30% to 40% of the force acting on the slab (Conrad
and Lithgow-Bertelloni, 2004). Given the potential strength of slab suction, it seems
entirely possible that it is capable of influencing the shape of the subducting slab.

Comparison of stresses predicted by the 2D viscous model with observations

Although the double seismic zone pattern of compression over extension is the most
common, there is some variation in observations, including extension over compres-
sion, tension in both planes, and along strike components (Kao and Rau, 1999; Brudzin-
ski et al., 2007). A number of subduction zones have been reported with different
mechanisms within a small distance along the trench, for example north Chile (Comte
and Suarez, 1994; Rietbrock and Waldhauser, 2004) or the Aleutians (Brudzinski et al.,
2007). Figure 9.3 summarises some of the stress patterns observed, which are listed in
table 2.2.

The 2D viscous model predicts a double layered stress zone that reflects not only
the local conditions acting upon the slab but also the local conditions created by the
slab, via mantle flow. As the conditions change with the development of the sub-
duction zone, so do the stresses, typically from bending to unbending, to a combi-
nation of both (figure 9.1(iii)). Both the compression-over-tension and tension-over-
compression stress patterns are observed in the stresses generated by the 2D model
(see figure 9.3), so it is possible that this transitory nature of stress development could
explain the variety in seismicity focal mechanisms observed in subduction zones. It
could also be possible that regions with more than one reported stress pattern are
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Figure 9.3: Double seismic zone patterns worldwide, as listed in table 2.2 (Hasegawa
et al., 1978; Kawakatsu, 1986; Samowitz and Forsyth, 1981; Engdahl and Scholz, 1977;
Kao and Chen, 1994; Gorbatov et al., 1994; Ratchkovsky et al., 1997; Kao and Rau, 1999;
Reyners and Robinson, 1997; Smith et al., 1993; Comte and Suarez, 1994; Rietbrock and
Waldhauser, 2004; McGuire and Wiens, 1995; Brudzinski et al., 2007). DDC=downdip
compression, DDE=downdip extension.

either laterally segmented (Araujo and Suarez, 1994), or are caught in the transition

between one regime and another.

Double seismic zones with downdip tension in both planes are, however, not pre-
dicted by the viscous model. The 2D model always predicts two strong bands of
downdip stress in the slab with opposing polarities, and the hypothesis of slab flexion
about a high viscosity core would expressly prohibit the occurrence of two bands with
the same polarity. However, a closer investigation of the downdip stresses perpendic-
ular to the slab reveals that at intermediate depths there is always a small band of ten-
sion at the top of the slab in the 2D model, as shown in figure 9.4, which would make
the intermediate-depth stress pattern a triple-layered stress zone. It has been postu-
lated that all double seismic zones are in fact underdeveloped triple seismic zones,
where unbending causes the two main bands of compression over tension, and meta-
morphism in the slab crust produces a bend of tension above (Wang, 2002). The 2D
viscous model does not compute process-specific stresses such as metamorphism, but
tensile stresses are generated at the top of the slab in the low-viscosity zone present in
slices s1 and s2 of figure 9.4, due to the decoupling of the subducting and overriding

plates in the weak slab crust.
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Figure 9.4: Downdip stresses taken perpendicular to the top of the slab at 100km (s1),
150km (s2), and 200km (s3) depth, from the present-day Chile model in figure 7.7.

The 2D viscous model suggests the possibility that regions that report downdip ex-
tension in both bands are observing the top and bottom bands of a triple seismic zone,
and regions with tension over compression are observing the top two layers of a triple
seismic zone. However, in the case of north Chile, the separation between the layers
is less than 10km (Rietbrock and Waldhauser, 2004), whereas the separation between
tensile layers predicted by the 2D viscous model is closer to 50km. An adjustment
of the temperatures or viscosities in the 2D model might narrow this gap, but would
then imply a gap of less than 5km between the lower two layers of compression and
tension, which is not observed.

If the 2D model implies that the top layer of tension is due to the weak decoupling
layer representing the subducting slab crust, then to produce the tension-over-tension
stresses observed in north Chile requires that the top of the subducting oceanic litho-
sphere is also in tension. Alternative ways of generating this tensile stress include a
geometry that forces bending rather than unbending at intermediate depths, but this
would require a major re-formulation of model geometry and boundary conditions.
It is also possible that as the slab changes from bending to unbending the hiatus in
bending stresses allows other stress-generating mechanisms to be observed, such as
slab pull, although this is not seen in the 2D viscous model due to the restrictions in

resolution.
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9.2 Stresses predicted by the 1D viscoelastic model

The 1D model uses a viscoelastic rheology to model a vertical slice of lithosphere as
it moves from the ocean ridge to the trench and into subduction. Prior to subduction,
stresses arise from the ridge push force, and from volumetric reduction associated
with thermal cooling. Immediately before subduction, the slab starts to bend; this
bending continues into subduction until it is replaced by unbending. Other sources of
stress during subduction include the volumetric reduction due to the basalt to eclogite
transition, the volumetric expansion due to slab heating, and the slab pull force. The
net effect of these stress sources is a complex and transitory stress profile generated

for the subducting lithosphere.

General trends in stresses predicted by the 1D viscoelastic model

The pre-subduction stresses due to cooling and ridge push have a bimodal distribu-
tion, with compression in the upper part of the lithosphere, and tension below. The
compressive stress accumulation is restricted by the strength envelope, and the ap-
plied brittle failure redistributes the stresses. As the slab bending begins in the fore-
bulge, the stress polarities are inverted to tension in the upper lithosphere, and com-
pression below. These bending stresses are the largest of all the generated stresses,
almost completely overprinting the stresses accumulated during ocean floor cooling.
When the bending changes to unbending the stresses revert to compression over ten-
sion, where they remain for most of the duration of subduction. The basalt to eclogite
transition is the next most influential stress source, producing stresses that in some
cases can be large enough to put the slab crust back into tension, creating a tri-modal
stress distribution of tension over compression over tension in the slab. The thermal
stresses have much less influence on the total stresses, being approximately one order
of magnitude smaller than the bending stresses. The slab pull force is also a relatively
minor effect, although it is the only one to be continually applied throughout subduc-
tion.

In the model results presented in chapters 6, 7 and 8, the general trend in stress pro-
file is compression over tension (figure 9.5a) until bending begins (figure 9.5b), then
tension over compression until bending changes to unbending (figure 9.5¢); this un-
bending pattern usually dominates for most of the rest of the duration of subduction.
The unbending pattern of compression over tension sometimes has an additional band
of tension at the top of the slab due to the basalt to eclogite transition in the slab crust
(figure 9.5d). As the slab warms to ambient mantle temperatures, these stresses are

dissipated away.
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Figure 9.5: General pattern of stresses in the lithosphere as generated by the 1D model,
taken from figure 6.2

Sensitivities and errors in the 1D viscoelastic model

The stresses generated by the 1D model are relatively unaffected by variations in pre-
subduction stresses, thermal stresses, and slab pull, but are quite sensitive to bending
stresses and the stresses arising from the basalt to eclogite transition, as these dominate
the total stress profile. Within the errors estimated for each, the prevalent trend of
bending then unbending stress polarities remains the same but the magnitudes of the
stresses show some variation. The main difference in the stress profile is whether the
tensile band due to the basalt metamorphism in the crust is seen.

The 1D model is also quite sensitive to rheology; using a linear diffusion creep
gives significantly higher viscosity, and therefore higher stresses, than using a com-
bined diffusion and dislocation creep. The values used to calculate both diffusion and
dislocation creep are fairly well constrained but some variation in viscosity is possible
within the error estimates (Karato and Wu, 1993; Hirth and Kohlstedt, 2003).

The four controlling parameters for the 1D model are plate age, dip angle, plate
velocity and curvature rate; of these, plate age is quite well constrained (Muller et al.,
2008), and plate velocity only has a small effect on the total stresses. The dip angle and
the curvature rate on the other hand are both relatively poorly constrained, and exert

strong control over the predicted stresses. However, although varying the parame-

147



ters within the estimated errors affects the magnitude of the stresses, the fundamental

shape of the stresses remains the same.

Comparison of stresses predicted by the 1D viscoelastic model with observations

As discussed in section 9.1, the most common stress pattern observed in double seis-
mic zones is compression over tension, often attributed to the unbending of the slab
(Engdahl and Scholz, 1977; Wang, 2002). In the 1D viscous model, stresses at interme-
diate depths always have a strong band of compression over tension resulting from
the unbending of the slab, supporting this hypothesis. Wang (2002) also suggests that
in triple seismic zones, the extra band of tension at the top of the slab is due to the
metamorphism of the subducting slab crust. The results from the 1D model also sup-
port this, with a third band of tension in the slab crust due to the basalt to eclogite
transition seen in many models.

This tensile band is more likely to occur at intermediate depths in younger plates
with a shallower dip angle; old, cold plates and those with high dip angles do not
accumulate sufficient tensile stresses from metamorphism until greater depths. This
relationship between early-onset basalt dehydration and young and shallow dipping
slab is supported by observations (Green and Harry, 1999); in light of this, it is surpris-
ing that the only well-established triple seismic zone is observed in northeast Japan
(Igarashi et al., 2001), where the oceanic plate is 130Ma at the point of subduction,
the oldest in the world (Muller et al., 2008). As the separation of Wadati-Benioff zone
layers has been linearly related to slab age (Brudzinski et al., 2007), it is possible that
the large separation between the layers in such an old slab is the reason why the they
are able to be resolved into three layers. This also suggests the possibilities that other
seismic zones may really be triple seismic zones, as postulated by Wang (2002), and
furthermore that double seismic zones with alternative stress patterns have seismicity
that results from the top two bands, or top and bottom bands, of a triple seismic zone.

The double seismic zone of north Chile, however, does not quite fit this hypothe-
sis: the separation between the bands is only 9km, and the 1D viscoelastic model of
north Chile predicts approximately 30km between bands of tensile stress. It is possi-
ble that an alternative temperature and viscosity formulation could reduce the gaps
between predicted bands of stress, although this seems unlikely and would imply that
the unbending bands of compression over tension both occur at the top of the oceanic
lithosphere. An alternative is suggested by the preliminary results from a model that
applies slab bending at 25km and 175km depth so the slab is largely straight through
intermediate depths. This drastically reduces the dominance of the bending stresses,

generating a stress pattern that is quite complex, where multiple layers of stress are
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separated by as little as 5-10km. The relationship between slab curvature and stress

generation is clearly very important, and further investigation is recommended.

9.3 Overview of the 2D viscous and 1D viscoelastic mod-

els

Seismicity in subduction zones is generated through stress accumulation and dissipa-
tion. Stresses are accumulated through mechanisms such as slab pull and slab resis-
tance, bending and unbending, thermal effects, and metamorphism. Stresses are dis-
sipated by brittle failure under special conditions such as dehydration embrittlement,
shear instabilities, or transformational faulting. The two models used in this work fo-
cus on the stress accumulation aspect of this dichotomy, predicting stress generation
in the subducting lithosphere according to local conditions.

Both the 2D viscous and 1D viscoelastic models predict stresses that are almost al-
ways compression over tension at intermediate depths, but the significant differences
in their formulation and rheology leads to two different explanations of these stresses.
In the 2D model this stress pattern was proposed to be a result of induced poloidal
flow in the mantle wedge unbending the slab about a high viscosity core. In the 1D
model, this stress pattern was attributed to stresses arising from unbending due to the
slab’s elastic nature. Additionally, both models show the presence of a small band of
tension at the top of the slab; in the 2D model this is due to decoupling in the weak
zone; in the 1D model this is due to the basalt-to-eclogite transition in the slab crust.

We are therefore presented with something of a conundrum: which, if either, of
these interpretations is the correct one? From the work presented here it is difficult to
say. Both models correlate well with observations, predicting double stress zones of
compression over tension which is most commonly seen in subduction zones, and an
additional small band of tension at the top of the slab, as seen in the Japanese triple
seismic zone. The 2D model predicts stresses that are similar to those predicted by
other numerical models (Cizkov4 et al., 2007; John et al., 2009). The 1D model predicts
stresses that are 2-3 times higher than the 2D model, which is high but not implausible;
they are approximately an order of magnitude higher than stress drops inferred from
observations (Andersen et al., 2008), but not all of the accumulated stress is assumed
to be dissipated in a single seismic event.

If the lithosphere and mantle are best described with a visco-elastic-plastic rheol-
ogy, then each model has an incomplete rheological formulation: visco-elastic for the
1D model and visco-plastic for the 2D model. The advantage of the 2D visco-plastic
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2D 1D Cizkova | Babeyko | Dorbath | Kaus et
model model et al, etal, etal, al, 2009
2007 2008 2008
2D Ve ve v v v
Viscoelastic v v v
Viscoplastic v v v v
Dynamic driving v v v
forces
Subduction zone v v
evolves over time
Investigates v v
influence of mantle
flow
Large model domain || v/ v v
Predicts DSZs v v v v v ve
Predicts TSZs v v ve
Individual v
contributions from
stress sources

Table 9.1: Comparison of the 1D viscoelastic and 2D viscous models with other nu-
merical models.

model is that it is two-dimensional and therefore can provide significant insight into
the whole subduction zone system. Minimal kinematic boundary conditions are im-
posed and the model is driven internally through dynamic conditions of density and
viscosity. However, it does not have any elastic component of rheology, and therefore
can only compute instantaneous stresses without stress memory. The 1D model on the
other hand does have stress memory, and therefore can accumulate stresses over time,
contributing to the high stresses predicted. However, it is a highly prescriptive model
and the limitation to one dimension is quite restrictive. Extending both the 1D and 2D
models to a visco-elastic-plastic rheology would be the next step in investigating the
influence of model formulation on predicted stresses.

Both models unequivocally show that unbending is responsible for the compression-
over-extension stress pattern generated at intermediate depths. Both models also pre-
dict a top tensile band of stress for certain models, but through different mechanisms.
Each model has its merits, and therefore neither of the explanations for the generated
stress patterns can be ruled out; it may be that both, or neither hypotheses are correct.
More investigation into the causes of Wadati-Benioff zone seismicity, and particularly

using a two-dimensional visco-elastic-plastic model, is thus required.

150



Chapter 10
Summary and further work

This work set out to investigate stress accumulation and dissipation in the subducting
lithosphere that leads to Wadati-Benioff zone seismicity, particularly at intermediate
depths. Earthquakes caused by subduction cause immense devastation and loss of
life, yet remain somewhat enigmatic. Stresses may accumulate in the oceanic litho-
sphere due to forces such as ridge push and slab pull, or strains induced by changes in
shape or size such as bending, thermal expansion, or metamorphism. When stresses
become so large that they exceed the strength of the lithosphere, brittle failure occurs,
dissipating the stresses. However, at intermediate depths and below, the confining
pressure is too high for frictional sliding to occur yet seismicity continues. Alternative
mechanisms of stress dissipation are therefore required; these include dehydration
embrittlement, shear instabilities, and transformational faulting.

Seismicity in some Wadati-Benioff zones is organised into two or three planes with
separations of 5-40km, which merge at depth. Focal mechanisms from these areas
show that the most common stresses experienced in double seismic zones is compres-
sion in the upper band and tension beneath, although other polarities have also been
observed; both of these bands are generally assumed to occur in the subducted oceanic
lithosphere. In the triple seismic zone beneath Japan, there is an additional band of
tension at the top of the slab, thought to occur in the slab crust. These bands of seis-
micity provide extra clues about the stresses within the lithosphere, for example, the
compression-over-tension pattern implies that the slab is unbending. In this thesis, I
used two different computational models to investigate the stress accumulation that

leads to such double and triple seismic zones.

The two-dimensional viscous model is thermo-mechanical, using kinematic bound-
ary conditions, and dynamic driving forces. The temperature and stress dependent
rheology means that the slab has a core of high viscosity material. In all of the results
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for this model, the slab has two bands of stress with opposite polarities running the
length of the slab, one on either side of this high viscosity core. Most of the results for
this model follow the same general trend: in the early stages of subduction, the slab
has stresses that are down-dip tension in the upper band and down-dip compression
below as the slab bends downwards. After this stage, the stresses in the slab invert
to compression over tension as the slab unbends. In the absence of stress memory the
slab cannot spontaneously unbend; instead, it is proposed to unbend as a result of
poloidal circulation in the mantle wedge pulling the top of the slab upwards, flexing it
about its stiff core. Closer inspection of the intermediate depth stresses reveals a third
band of tension at the top of the slab, which may be due to decoupling in the weak
layer representing the slab crust. In later stages of slab development as the slab moves
past the circulatory region, the downward force of slab pull eventually exceeds the
upwards force of slab suction. The stresses in the lower portion of the slab then revert
to tension over compression as the slab bends downwards again.

The four parameters that control this model are plate age, slab dip, plate veloc-
ity and rollback velocity. Variation of these parameters affects the shape of the slab
somewhat, but the stress patterns are relatively invariant, particularly the intermedi-
ate depth unbending stresses of compression over tension. For the specific examples
of north Chile and northeast Japan, these parameters were estimated, including their
errors. Within the error bars there was some variation in slab shape, but little variation

in the intermediate depth stresses.

The one-dimensional viscoelastic model follows the development of a vertical slice
of oceanic lithosphere from the ridge to the trench and into the subduction zone. It
predicts stresses arising before subduction due to cooling and the ridge push force,
and during subduction from bending, heating, the basalt to eclogite transition and
slab pull. The viscoelastic rheology means the lithosphere has a stress memory, so
the stresses accumulate over time and are advected with the slab. Deformation by
diffusion or dislocation creep in the lower lithosphere transfers stresses to the elastic
upper lithosphere; if the stresses exceed the strength envelope brittle failure occurs.

The stresses generated by the 1D model follow a general trend. Prior to subduc-
tion, the ridge push force and the thermal stresses due to cooling cause stresses that
are compressive for the upper lithosphere and tensile below. When the slab begins to
bend in the forebulge, the bending stresses of tension over compression almost com-
pletely overwrite the stresses previously accumulated. These stresses return to the
pattern of compression over tension when the slab begins to unbend again at depth,
and dominate the stress pattern for most of the rest of subduction duration. The basalt

to eclogite transition is the next largest source of stress after bending, generating ten-
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sion in the crust that is sometimes large enough to overprint the unbending stresses,
creating a triple-layered stress pattern of tension-compression-tension. Stresses aris-
ing from heating and slab pull are less influential, although stresses due to slab pull
continue to act throughout subduction. The stresses are dissipated as the slab warms
to mantle temperatures.

The controlling parameters in the 1D model are plate age, slab dip, plate velocity,
and curvature rate. Slab dip and curvature rate have the largest estimated errors and
the most effect on the stresses generated in the slab. Nevertheless, the dominant stress

pattern of compression over tension is quite robust through intermediate depths.

Both the 2D viscous and 1D viscoelastic models predict stresses at intermediate
depths to be dominated by unbending, generating strong bands of compression over
tension. This is in agreement with the majority of observations of double Wadati-
Benioff zones. Additionally, both models frequently predict a smaller band of tension
in the slab crust, which agrees with observations of the triple seismic zone in northeast
Japan. The 2D model ascribes the two main bands to unbending as a result of induced
mantle flow, whilst the 1D model attributes these to unbending due to stress memory
and elasticity. Where a top band of tensive stress is predicted, it is attributed to decou-
pling in the weak crust in the 2D model, and the basalt to eclogite transition in the 1D
model.

From the work presented in this thesis, the main bands of compression over tension
at intermediate depths are the result of slab unbending, whilst the smaller top band of
stress is due to decoupling or metamorphism, or a combination of both. The causes of
the slab unbending are still a topic for consideration. The triple Wadati-Benioff zone
observed beneath Japan may therefore be the result of two main bands of stress in
the oceanic mantle due to slab unbending, and a top band of tension due to processes
in the crust. The most common type of double Wadati-Benioff zone may be due to
the two unbending bands only, with the top band underdeveloped or unobserved.
Double Wadati-Benioff zones with other patterns could be either the top two bands,
or the top and bottom bands, of a triple seismic zone. Alternatively, they could be the
result of special cases of slab curvature that reduce the dominance of bending stresses

at intermediate depths, allowing complex multi-layered stresses to be seen.

Further work

The most obvious progression from the work would be to build a model that com-
bines the most realistic parts of the two models used here, that is, a two-dimensional

visco-elastic model. The 2D viscous and 1D viscoelastic models both have their mer-
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its, and each provides an insight into stress generation in the subducting lithosphere,
but are ultimately restricted by their respective rheology and dimensions. A 2D vis-
coelastic model would be able to investigate whether unbending in the slab is due to
mantle flow or stresses accumulated during prior bending, and would be able to ex-
plore whether the tension in the subducting slab crust originates from decoupling or
metamorphism. Hopefully this would give a more conclusive insight into the causes
of subduction zone stresses, and double and triple seismic zones.

Other recommendations for future work centre around the numerical implementa-
tion of a model. A less prescriptive model setup would be a benefit and a challenge;
fixed material domains, kinematic boundary conditions, and free surface formulation
are currently unavoidable artificialities. Increases in domain size and resolution would
improve the model, but depend mainly on computing power.

Finally, the values of the parameters used to model specific subduction zones were
subject to some significant errors, notably in dip angle and curvature rate; uncertain-
ties are also undoubtedly present in the viscosity formulation. Better estimations of
these values, and additional sensitivity testing, would help to generate more accurate

models.
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Appendix A

Code testing and benchmarking

The 2D viscous model used in this work is built upon the finite element package MIL-
AMIN (Dabrowski et al., 2008), which includes a thermal and a mechanical solver.
The original version of MILAMIN is Lagrangian and non-dimensional, and the ther-
mal code solves for steady-state; the version used in this work is Eulerian and dimen-
sional, and uses a transient thermal solver. Additionally, the mechanical solver is used
iteratively to find nonlinear viscosity, and the velocities from the mechanical solver
are used to advect the temperature field when the two solvers are coupled together.
Some simple tests are therefore performed here to check these elements are working

correctly, and to ensure the validity of the 2D model.

Mechanical test: original version of MILAMIN

The original version of MILAMIN compares well to other finite element solvers such
as IFISS (Silvester et al., 2009) and FEMLAB in terms of both solution and performance,
as discussed in Dabrowski et al. (2008). A test of the mechanical solver is provided
with the MILAMIN package: a box made of a viscous material has a rigid inclusion
in the centre, and the condition of pure shear is applied to the box, squeezing it from
top and bottom. Figure A.la shows this model domain, and the calculated solutions
for velocity and pressure. The velocity vectors show movement out to either side; the
pressure solution shows overpressure above and below the inclusion, and underpres-
sure on the left and right.

The same test is performed in a paper by Beuchert and Podladchikov (2010) using
a different FE solver, and shown in figure A.2a; they also include an analytical solution
from Schmid and Podladchikov (2002), which is shown in figure A.2b. The very close
similarity of figures A.1c, A.2a and A.2b provides a good benchmark of the mechanical
MILAMIN solver.

155



Viscosity Velocity Pressure

1 /00T TTTTVVVNNNN
S/ TV VNN
S0/ VNN
L7770 7 10V N NN
PV YRR EEEEE SN
01 RGP W N KN N R
,; 0-01 SNNNNNAN NS
> SANNNNANN N S
SERNNXNNN VYL AT
N7

0.001 [N\MAMNNMNYNYVH PSPPI/

Figure A.1: Mechanical test, original version of MILAMIN: Pure shear applied verti-
cally to a viscous box with a rigid inclusion.

(a) Numerical solution (b) Analytical solution

Figure A.2: Mechanical test: Pure shear applied horizontally to a viscous box with
a rigid inclusion, (a) numerical solution from Beuchert and Podladchikov (2010), (b)
analytical solution from Schmid and Podladchikov (2002).

Mechanical test: adapted version of MILAMIN

The version of the mechanical MILAMIN code used in this work has been adapted to
the Eulerian reference frame, and takes dimensionalised parameters. Figure A.3 shows
the same test as figure A.1, but using the adapted code. The two tests are identical; the

change in reference frame and unit length does not affect the solution in any way.

Nonlinear viscosity test

In the 2D model, the viscosity used is a combination of linear diffusion creep and
nonlinear dislocation creep.

To calculate the viscosity due to the dislocation creep, the mechanical solver is used
as part of a Picard iteration. In this method (Dabrowski, 2008), the mechanical solver
computes the velocities for the region, from which the strain rates are found. These
strain rates are then used to calculate the viscosity, but as the viscosity affects the strain
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Figure A.3: Mechanical test, adapted version of MILAMIN: Pure shear applied to a
viscous box with a rigid inclusion.
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Figure A.4: Nonlinear viscosity test: Pure shear applied to a box with nonlinear vis-
cosity, and a rigid inclusion.

rate, this process must be iterated until an acceptably steady state is reached.

Figure A.4 shows the same test as figure A.3, but using a nonlinear viscosity. The
initial viscosity is the same as for the mechanical test (figure A.3a), but after a num-
ber of iterations it has been modified to that shown in figure A.4a, due to the stress-
dependent viscosity. The resulting velocity field in figure A.4b is very similar to the
velocity field for the linear viscosity test, but the shape of the pressure field in fig-
ure A.4c has smaller magnitudes and a slightly different shape, due to the change in

viscosity.

Thermal test

To test the thermal solver, a box is initialised with zero background temperature, a
hot region off-centre, and edge conditions of zero temperature. Figure A.5 shows the
model development as the heat diffuses away, indicating the thermal code is working

correctly.
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Figure A.5: Thermal test: temperature contours showing heat diffusion from a hot
spot.

Advection test

The coupling of the thermal and viscous solvers together is achieved by using the
temperatures from the thermal solver to calculate temperature-dependent density and
viscosity; these are used as inputs into the viscous solver, which calculates the result-
ing pressures and velocities. The velocities are then used to advect the temperatures
through the region.

Advection can be applied through a variety of methods; here I use the semi-Lagrangian
scheme which has small numerical diffusion and is quite stable (Schmid et al., 2008). In
the basic semi-Lagrangian method, the path of a particle through the domain is calcu-
lated. By projecting backwards in time, the location of the particle at the last timestep
is found, and the temperature at this point is interpolated from the local gridpoints.
Assuming that the velocity does not change over one timestep, this is the same temper-
ature of the particle at the current position. However, if the velocity field does change,
an iterative version of the semi-Lagrangian method yields more accurate results. This
involves finding the centred velocity of the particle by interpolating the local velocity
field at a series of partial timesteps, and using this more accurate velocity field to find
the previous location of the particle.

To test the advection of the temperatures and the coupling of the solvers, a box with
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Figure A.6: Advection test, where rotation is applied to a box with an off-centre hot
region: (a) applied velocities (b) resulting temperature contours

a zero background temperature has a solid-body rotation applied to it (Dabrowski,
2008), and an off-centre hot spot is applied at a stationary point. Figure A.6a shows
the applied velocities; figure A.6b shows the development over time as the rotation

advects the hot material along the streamlines.
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