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Abstract The general issue of katabatic wind-driven exchange in fjords is considered using an idealized
numerical model, theory, and observations. Two regimes are identified. For fjords narrower than a viscous
boundary layer width, the exchange is limited by a balance between wind and friction in lateral boundary
layers. For the nonlinear viscous parameterization used here, this boundary layer thickness depends on the
properties of the fjord, such as stratification and length, as well as on the wind stress and numerical parame-
ters such as grid spacing and an empirical constant. For wider fjords typical of east Greenland, the balance
is primarily between wind, the along-fjord pressure gradient, and acceleration, in general agreement with
previous two-layer nonrotating theories. It is expected that O(10%) of the surface layer will be flushed out of
the fjord by a single wind event. Application of the idealized model to a typical katabatic wind event produ-
ces outflowing velocities that are in general agreement with observations in Sermilik Fjord, a large glacial
fjord in southeast Greenland. The presence of a sill has only a minor influence on the exchange until the sill
penetrates over most of the lower layer thickness, in which cases the exchange is reduced. It is concluded
that the multiple katabatic wind events per winter that are experienced by the fjords along east Greenland
represent an important mechanism of exchange between the fjord and shelf, with implications for the
renewal of warm, salty waters at depth and for the export of glacial freshwater in the upper layer.

Plain Language Summary Fjords represent an important connection between tidewater glaciers
and the shelf ocean. Relatively warm waters from the ocean can melt the glaciers, leading to a loss of glacier
mass and an introduction of fresh water to the ocean. We focus here on the influence of katabatic winds,
events characterized by strong winds directed down the glacier towards the open ocean, on the exchange
of water between the fjord and shelf. Theoretical considerations, computer models, and direct ocean obser-
vations in Sermilik Fjord along east Greenland support the conclusion that individual katabatic wind events
can result in an exchange of approximately 10% of the fjord water mass. The multiple katabatic events that
occur each year thus represent an important mechanism of exchange between the fjords of Greenland and
the adjacent shelf.

1. Introduction

1.1. Importance of Fjords
Fjords are garnering increased attention as sites of ocean-glacier interactions. In Greenland, West Antarctica,
Alaska, and elsewhere, fjords form conduits between tidewater glaciers and the shelf ocean. In these fjords,
the ocean is a source of heat to drive submarine melting of glaciers, icebergs, and sea ice, while the glacier
is a source of freshwater to the ocean.

The exchanges of heat and freshwater in fjords are important for both directions of ocean-glacier interac-
tion. First, accelerated mass loss from the Greenland Ice Sheet has been linked to ocean warming (Holland
et al., 2008; Motyka et al., 2011; Shepherd et al., 2012; Straneo & Heimbach, 2013), with submarine melting
as the presumed connection. Submarine melting should vary with the near-ice ocean temperature (Hellmer
& Olbers, 1989), and growing evidence suggests that ocean temperature is closely linked to the net frontal
ablation of glaciers (Luckman et al., 2015). However, the drivers of ocean heat transport and warm water
renewal that, in part, control submarine melting are poorly understood in glacial fjords (Straneo & Cened-
ese, 2015). Second, as ice mass loss increases, glaciers are a growing source of freshwater to fjords and,

Key Points:
� Katabatic winds can force significant

exchange between the fjords and
shelf
� Friction limits exchange for narrow

fjords
� Exchange in wide fjords is well

predicted by two-layer, nonrotating
theory

Correspondence to:
M. A. Spall,
mspall@whoi.edu

Citation:
Spall, M. A., Jackson, R. H., & Straneo, F.
(2017). Katabatic wind-driven
exchange in fjords. Journal of
Geophysical Research: Oceans, 122,
8246–8262. https://doi.org/10.1002/
2017JC013026

Received 26 APR 2017

Accepted 12 SEP 2017

Accepted article online 27 SEP 2017

Published online 28 OCT 2017

VC 2017. American Geophysical Union.

All Rights Reserved.

SPALL ET AL. WIND-DRIVEN EXCHANGE 8246

Journal of Geophysical Research: Oceans

PUBLICATIONS

http://dx.doi.org/10.1002/2017JC013026
http://orcid.org/0000-0003-1966-3122
http://orcid.org/0000-0002-3763-8820
http://orcid.org/0000-0002-1735-2366
https://doi.org/10.1002/2017JC013026
https://doi.org/10.1002/2017JC013026
http://onlinelibrary.wiley.com/journal/10.1002/(ISSN)2169-9291/
http://publications.agu.org/


eventually, the large-scale ocean (Bamber et al., 2012; Gillard et al., 2016). The manner in which this freshwa-
ter is mixed and exported from fjords will dictate the freshwater’s impact on coastal currents, larger scale
circulation, and deep convection. Thus, exchanges of heat and freshwater in fjords are central to the interac-
tion of the ocean and cryosphere.

A variety of mechanisms can modulate these exchanges by driving fjord circulation and fjord/shelf
exchange. Buoyancy-driven flows have been the focus of many recent studies. In glacial fjords, surface run-
off that discharges at depth (subglacial discharge, hereafter) and submarine melting drive upwelling con-
vective plumes at the ocean-glacier interface (Jenkins, 2011; Mankoff et al., 2016; Sciascia et al., 2013; Xu
et al., 2012) that transition into outflowing plumes, resulting in a fjord-scale buoyancy-driven circulation
(Carroll et al., 2015; Cowton et al., 2015; Motyka et al., 2003). Similarly, surface runoff or river input can drive
a classical estuarine exchange flow (e.g., Geyer & MacCready, 2014). In addition, fjord circulations and fjord/
shelf exchanges can be forced by tides, shelf-density fluctuations, and local winds (Cottier et al., 2010;
Farmer & Freeland, 1983; Stigebrandt, 2012).

1.2. Dominant Wind Events
There are typically two dominant modes of wind forcing in the vicinity of fjords: local along-fjord winds and
along-shore winds on the shelf outside the fjord. In east Greenland, the compression of atmospheric cyclo-
nes against Greenland’s steep topography causes frequent barrier wind events, characterized by intensified
along-shore winds over the shelf ocean (Harden et al., 2011; Moore & Renfrew, 2005). These shelf winds
have been found to indirectly drive fjord circulation in southeast Greenland: shelf winds drive shelf-density
fluctuations that drive baroclinic flows within the fjords (Harden et al., 2014; Jackson et al., 2014; Straneo
et al., 2010; Sutherland et al., 2014b).

Within fjords, winds are typically oriented along the fjord axis and katabatic winds are common (Putnins,
1970). In Sermilik Fjord of southeast Greenland, downslope flow off the ice sheet drives along-fjord wind
events, called piteraqs, with a mean speed of 20 m s21 (Oltmanns et al., 2014). These downslope wind
events are less frequent but more intense than the shelf barrier winds. Piteraqs have been shown to drive
large heat fluxes over the Irminger Sea and offshore transport of sea ice (Oltmanns et al., 2014), but the
impact of piteraqs and other katabatic winds on fjords around Greenland is largely unknown and the focus
of this study.

1.3. Previous Theories for Wind-Driven Exchange
There is ample evidence that fjords (outside of Greenland) respond to local wind forcing (e.g., Farmer, 1976;
Matsuura & Cannon, 1997; Moffat, 2014; Svendsen et al., 2002). Generally, the upper layer is found to move
in the direction of the wind, with a return flow at depth. However, there is no general dynamical framework
for understanding local wind forcing across different fjords.

Farmer (1976) derived an analytical solution for local wind forcing in narrow fjords, based on a linear
two-layer model that neglects rotation and includes a linear parameterization for bottom friction. The
model compared well with observations from Alberni Inlet in British Columbia, a fjord whose width is
significantly less than the deformation radius (Farmer, 1976; Farmer & Osborn, 1976). Farmer’s model
was later applied to Puget Sound, both in its original form to examine highly stratified conditions (Mat-
suura, 1995) and modified as a continuously stratified normal-mode model for weak stratification condi-
tions (Matsuura & Cannon, 1997). In both cases, the model replicated the basic features of the
observations.

Svendsen and Thompson (1978) used a reduced version of Farmer’s model—assuming a deep lower layer,
no viscosity, and a very long fjord—with periodic diurnal wind stress to examine Jøsenfjord in Norway.
They find that wind stress dominates over freshwater forcing of the fjord, though the wind response is
trapped in the surface layer.

On the numerical modeling side, Klinck et al. (1981) modeled an idealized two-layer fjord/shelf system to
examine shelf forcing and local wind forcing—also neglecting rotation by assuming a narrow fjord—and
found that surface velocities were in phase with the wind while lower layer velocities were out of phase.
More recent numerical modeling studies have used realistic bathymetry and wind (e.g., Kawase & Bang,
2013) to explore wind forcing of individual fjords. However, a general dynamical framework for understand-
ing wind forcing across different fjords is absent.
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A more extensive body of work has examined local wind forcing in coastal plain estuaries, often focusing on
the wind’s importance relative to the estuarine exchange flow (e.g., Geyer, 1997; Hansen & Rattray, 1965) and
shelf forcing (e.g., Garvine, 1985; Janzen & Wong, 2002; Wang & Elliott, 1978). The theory and models that
have emerged from these studies are derived for shallow systems where the barotropic response is often
dominant and horizontal salinity gradients are strong—thus not clearly relevant to deep, stratified fjords.

Nevertheless, several recent fjord studies have drawn upon theory derived for coastal plain estuaries. Moffat
(2014) finds that the exchange flow in a Patagonian glacial fjord is modulated by local wind stress, and the
nature of this modification can be replicated with theory from Hansen and Rattray (1965). This theory gives
a 1-D solution for the velocity based on a balance between stress divergence and pressure gradient, assum-
ing uniform stratification, a constant horizontal density gradient and uniform eddy viscosity—assumptions
that are not generally applicable to deep stratified fjords.

Additionally, several recent studies have made a scaling argument based on partially mixed estuaries to
assess when local wind forcing should be important in fjords. Sutherland et al. (2014b) and Inall et al. (2015)
use the Wedderburn number to suggest that—in a Greenlandic and Norwegian fjord, respectively—the
local winds should be an important driver in winter but relatively insignificant in summer. While the original
Wedderburn number is the ratio of the wind-driven setup to the mixed layer depth (Monismith, 1986; Spigel
& Imberger, 1980), these recent studies use an estuarine variation of the Wedderburn number where the
wind-driven setup is scaled relative to the estuarine horizontal density gradient (Geyer, 1997). The applica-
bility of this scaling, however, is untested for fjords.

A general framework for understanding wind forcing across fjords of different geometries and stratifications
is lacking. Most theoretical work has focused on fjords that are narrow relative to the deformation radius,
yet many fjords in Greenland have widths that are roughly equal to the deformation radius (Jackson, 2016).
This leaves open many basic questions about the dynamics of wind forcing and the magnitude of shelf-
fjord exchange across the parameter space of fjords, in Greenland and elsewhere.

Here we use a numerical model and theory to investigate the dynamics of wind-driven circulation and
exchange across fjords of different geometries and stratifications. Next, we apply the model to the case of
Sermilik Fjord, southeast Greenland, where strong along-fjord wind events are known to occur and where
existing oceanic data provide the opportunity of a comparison with the theoretical and modeling results.

2. A Model for Wind-Driven Exchange

The general oceanic response to down-fjord winds will be initially explored with a nonlinear numerical
model. The configuration is idealized so that the dominant parameters can be easily varied in order to dis-
cern their influence on the exchange between the fjord and ocean shelf. The numerical model allows for a
wide exploration of parameter space but, in isolation, yields little in the way of insight into the controlling
dynamics. Predictions from the model will be compared with simple theoretical ideas in section 3, and the
model with more representative wind forcing will be compared with observations in section 4.

2.1. Model Configuration and Forcing
The model is the Massachusetts Institute of Technology general circulation model (MITgcm), Marshall et al.
(1997). It solves the hydrostatic, primitive equations of motion on a staggered Cartesian C-grid at fixed
depth levels. The domain is set on a f-plane, so the Coriolis parameter is constant at f051:231024 s21.
Subgrid-scale horizontal viscosity A is parameterized by the Smagorinsky (1963) deformation-dependent
scheme as

A5
md
p

� �2

D D5½ðux2vyÞ21ðuy1vxÞ2�1=2 (1)

where d is the model grid spacing, m 5 2.5 is a nondimensional coefficient, D is the deformation field, and
subscripts indicate partial differentiation. Vertical viscosity and diffusivity are represented with the KPP mix-
ing parameterization (Large et al., 1994) and background mixing coefficients of 1025 m2 s21. There is also a
quadratic bottom drag with a coefficient of 2:531023. The lateral boundary conditions are no-slip and no
normal flux. The model utilizes a linear equation of state such that density is related to the salinity as
q 5 q0 1 aSS, where aS50:8 kg m23 is the haline contraction coefficient.
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The standard model domain is 60 km 3 150 km with a periodic channel in the
zonal direction and a rectangular fjord of length d 5 100 km extending to the
northern boundary (Figure 1). (Wider domains were also tested and the results
were qualitatively the same as those reported in this section.) For this calculation,
the fjord width, defined as 2l, is 6.25 km, although this will be varied. The model
horizontal grid spacing is d 5 250 m and the vertical grid spacing varies between
5 m near the surface and 80 m near the bottom (total of 20 levels). The bottom is
flat at H 5 500 m. In order to keep the problem as simple as possible, the model
is forced by a spatially and temporally uniform wind stress to the south. In reality,
the winds decay away from the mouth of the fjord in both the zonal and open-
ocean directions. Somewhat more realistic winds that include both spatial and
temporal variability will be considered in section 4. The initial stratification is
approximately two-layer, with an upper layer salinity of 31, a lower layer salinity
of 32.5 (DS 5 1.5) and a hyperbolic tangent transition of half-width 20 m and cen-
tered at h1 5 150 m. This gives the thickness of the lower layer as h2 5 350 m.
The model domain and stratification are chosen to represent typical conditions
during the nonsummer months in Sermilik Fjord, located in southeast Greenland.

This stratification gives a baroclinic deformation radius of Ld5C=f058:3 km,
where C5ðgh1h2aSDS=q0HÞ1=2

51 m s21 is the baroclinic gravity wave speed. The
deformation radius is slightly greater than, but similar to, the fjord width, as is
typically the case for the fjords of Greenland (Jackson, 2016). The initial state is a
resting ocean and a southward wind stress of 1.5 N m22 is abruptly turned on at
time zero and held constant for a period of 3 days. This is longer than typical kat-
abatic wind events last, but it is used here in order to better compare the model
to the theory in the following section.

2.2. Example of Exchange
The general response of the model to the southward wind stress is outflow in

the upper layer and inflow in the lower layer. The cross-fjord averaged meridional velocity at the mouth of
the fjord is shown in Figure 2a as a function of depth and time. The outflow is a maximum at the surface,
where it exceeds 50 cm s21, but the entire low-salinity layer is flowing out for most of the simulation. The
outflow is maximum after about 1 day and then decreases to nearly zero by day 3. There is a weaker inflow
in the lower layer that nearly compensates for the outflow, so the net transport across the mouth of the
fjord is close to zero at all times, i.e., the exchange is baroclinic. The average zonal velocity is shown in Fig-
ure 2b as a function of time. The zonal velocity is only a weak function of along-fjord distance, at least away
from the northern boundary. During the first 2 days, the flow is toward the west near the surface and
toward the east in the lower part of the low-salinity layer. The westward flow is a result of the wind stress
and the Ekman transport while the deeper flow is below the Ekman layer and partially offsets the deep
meridional pressure gradient that results largely from the sea surface height gradient. The transport of low-
salinity water out of the fjord, defined as S< 31.5, is shown in Figure 2c. The outflow increases rapidly over
the first day to its maximum of approximately 3.2 3 105 m3 s21, afterward it decreases more slowly toward
zero over the following 2 days. The cross-fjord momentum balance is very nearly geostrophic such that the
inflowing/outflowing velocity is balanced by the cross-fjord pressure gradient.

It is helpful to consider the balance of terms in the meridional momentum equation in order to develop a
more fundamental understanding of what controls the exchange between the fjord and open ocean. The
momentum equation solved by the MITgcm can be written as:

vt 52uvx2vvy2wvz 1f0u 2Py=q0 1s 1F

tendency nonlinear Coriolis pressure wind friction
(2)

where F represents lateral viscosity and bottom drag. In order to get an overall sense of the momentum
budgets, these terms will be considered in two ways. The temporal evolution is indicated by their average
over the upper layer and over the meridional extent of the fjord, as shown in Figure 3a. Early in the calcula-
tion the wind forcing (black line) is partially balanced by the pressure gradient (dark blue), friction (cyan),

Figure 1. Model domain: periodic channel in east-west, closed
northern and southern boundaries. A fjord of length d and width
2l is adjacent to an open ocean. The bottom depth is 500 m and
flat. A wind that is uniform in space and time is applied at time
zero.
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and the Coriolis term (red). However, this is not sufficient to balance the entire wind stress so the tendency
term is negative, indicating flow acceleration to the south. After 1 day, the Coriolis and frictional terms have
remained about the same but the pressure gradient has increased sufficiently to balance the wind stress
and the flow stops accelerating. The pressure gradient increase is a result of a falling sea surface height at
the head of the fjord due to slightly more water being advected out in the upper layer than is advected
into the fjord in the deep layer. After that time, the pressure gradient continues to increase, Coriolis and fric-
tion decrease and, by the end of the calculation, the pressure and wind are nearly in balance.

The average of the momentum terms in time, depth of the upper layer, and latitude is shown as a function
of cross-fjord position in Figure 3b. In the center of the fjord, the primary balance is between the wind stress
and pressure gradient. The Coriolis term is working slightly against the wind, but it is much weaker than the

Figure 2. (a) Meridional velocity (m s21) averaged across the fjord at the mouth as a function of time and depth for the
case with uniform winds applied for 3 days. (b) Zonal velocity (m s21) averaged across the fjord at the mouth as a function
of time and depth. (c) Transport ( m3 s21) of low-salinity upper layer at the mouth of the fjord as a function of time. The
solid line is from the numerical model and the dashed line is from the theory of Farmer (1976), discussed in section 3. The
white contour in Figures 2a and 2b is the depth of S 5 31.5, marking the transition between the fresh upper layer and the
salty lower layer, and the zero velocity contour is bold.

Figure 3. The terms in the meridional momentum equation averaged over the upper layer and in (a) x and y; (b) y and t
for the run shown in Figure 2. Black: wind; blue: pressure gradient; red: Coriolis; cyan: friction; green: nonlinear advection;
and dashed: time-dependence (units 1025 m s22).
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pressure gradient. The tendency term is nearly zero because the flow, after 3 days, is nearly back to its initial
state of rest (even though the wind is still being applied).

The frictional term is small everywhere except near the western boundary, while the nonlinear term is sig-
nificant near both boundaries. The nonlinear term is dominated by the zonal advection of meridional
momentum (uvx). Near the eastern boundary, this results in a net advection of slow water from the eastern
viscous boundary layer (recall the no-slip boundary condition) into the interior, so it works to reduce the
southward flow. Near the western boundary, it is advecting southward momentum from the interior toward
the slower moving water in the western viscous layer, thus increasing its southward momentum. This leads
to the narrow and strong viscous boundary layer along the western boundary (cyan line). Thus, while the
overall influence of the nonlinear terms is small, they do work to shift momentum dissipation from being
symmetric between eastern and western boundaries to being primarily along the western boundary.

3. Theoretical Considerations

The localization of the frictional terms in the upper layer to the side boundary suggests two limits for the
balance of terms in the momentum equation. If the fjord is wide compared to the frictional boundary layer
width, it is assumed that friction can be ignored and the balance is between wind forcing, the pressure gra-
dient, and time-dependence, although for sufficiently wide fjords it is expected that the Coriolis term may
also become important. If the fjord is narrow compared to the viscous boundary layer width, then it is
assumed that the Coriolis and pressure gradient terms can be ignored and the balance is between wind
forcing and friction. Theoretical estimates for the exchange will now be derived for these two limits and
then compared with numerical model calculations.

Consider first the case of a wide fjord. We use the theoretical model developed by Farmer (1976) for a two-
layer fjord circulation subject to wind forcing that neglects rotation and friction. Farmer (1976) also consid-
ered a linear drag term but this is not appropriate for the present configuration, where the friction is due to
the no-slip side wall boundary condition and is predominantly located near the boundaries. For simplicity,
we will consider the case of uniform wind, steady in time, of strength s0< 0 that is turned on at time zero
over a resting ocean. The Farmer model for this case predicts an along-fjord transport per unit width, /, of

/ðy; tÞ5 s0h2

q0H

ðt

0
½2Hðt02y=CÞ10:5Hðt02ðy1d=CÞÞ20:5Hðt02ðd2yÞ=CÞ1Hðt0Þ�dt0 (3)

where H is the Heaviside step function, C5ðgaSDSh1h2=q0HÞ1=2 is the baroclinic gravity wave speed, d is
the meridional extend of the fjord, and y is the distance from the head of the fjord. The transport predicted
by the theory at the mouth of the fjord, where y 5 d, is shown in Figure 2c by the dashed line. The general
trend found in the model for this central case is well predicted by the theory. Specifically, there is a nearly
linear increase over the first day followed by a decrease back to zero flow. After the wave, signal has trav-
eled back to the head of the fjord, the pressure gradient has developed such that it exactly balances the
wind stress and there is no flow in the fjord.

If the exchange is purely baroclinic, a good approximation here, the upper layer averaged velocity is given
simply by /=h1. The maximum layer averaged outflow velocity at the mouth of the fjord, Vm, occurs at time
tm 5 d=C, or the time it takes a wave propagating at C to travel the length of the fjord

Vm5
s0h2

2q0h1H
d
C
: (4)

For the parameters in the numerical example above, d 5 100 km, C51 m s21; tm51:15 days, and
Vm50:34 m s21. The maximum outflow velocity increases most strongly with increasing fjord length d,
increasing wind stress s0, and decreasing baroclinic wave speed C. While (4) will remain qualitatively correct,
the phase speed C will be altered by consideration of sloping side walls.

Three additional model calculations were done with l 5 3.125 km for comparison with the theory (Figure 4).
These parameter variations result in changes in the wave speed C and the time for the wave to travel the
length of the fjord d/C, and thus the maximum expected velocity and spin-up time. The general trends in
the average upper layer velocity in the model compare well with that predicted by the theory, although the
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model maximum velocity is slightly larger than the theory and there is a flow reversal
for times greater than 2d=C. The result for a run with the standard parameters but a
fjord width of 1.25 km is given by the bold black line. This narrow run behaves very dif-
ferently. Instead of reaching a peak and decreasing back to zero, it levels off quickly and
remains nearly constant for the duration of the calculation. The dynamics that control
this narrow fjord regime are considered next.

A scaling for the width of the frictional boundary layer can be derived by first assuming
a balance between wind and viscosity

Avxx5
s0

q0h1
: (5)

The validity of this assumption will be demonstrated after a scaling for the viscous bound-
ary layer width has been derived. The Smagorinsky (1963) viscosity (1) is a nonlinear
parameterization that attempts to represent the downscale cascade of energy from the
resolved scale to very small scales, where it is ultimately dissipated. The formulation
assumes that as the model grid spacing decreases, the deformation D will increase such
that the downscale energy flux, E5AD2, remains constant. One could also use the Leith
parameterization (Leith, 1996), which assumes an upscale energy cascade and a down-
scale enstrophy cascade. However, Fox-Kemper and Menemenlis (2008) suggest the Sma-

gorinsky parameterization for model grid spacing much less than the baroclinic deformation radius and
d=Ld 5 0.03 here. Analysis similar to what follows has also be done for the Leith parameterization, yielding a
similar result, and so the qualitative behavior is not overly sensitive to this choice of parameterization. To esti-
mate A in the real ocean, situations would require knowledge of the energy flux E and the deformation field D.

For a simple horizontal shear flow with boundary layer width L and a maximum offshore velocity of Vm, D �
V m=L, and

A5
md
p

� �2 Vm

L
: (6)

Combining (5) and (6) with (4), the length scale of the boundary layer is

L5

�
md
p

� �2 q0h1

s0
V 2

m

�1=3

5

�
md
2p

� �2 s0

q0h1

dh2

CH

� �2�1=3

: (7)

For the central case discussed in the previous section, L 5 0.8 km. Friction will limit the maximum velocity in
the middle of the fjord when L�O(l). In that case, the maximum velocity in the middle of the channel, V0, is

V05

�
p
md

� �2 s0

q0h1
l3

�1=2

: (8)

Note that in the viscous limit the velocity reaches a steady state outflow, unlike the inviscid limit in which
the wind is balanced by the pressure gradient and there is no flow. This is consistent with the results for the
narrow fjord in Figure 4, for which L=l 5 1.3.

The models of Farmer (1976) and Moffat (2014) used a linear interfacial and bottom drag to parameterize
frictional effects. The friction in our model is dominated by lateral viscosity, however, for shallow fjords, it is
possible that bottom drag could be more important. For example, the shallow fjord off Patagonia consid-
ered by Moffat (2014) has a lower layer thickness of O(50 m) and maximum lower layer velocities of
O(0.15 m s21). Taking a quadratic bottom drag coefficient of Cd 5 0.0025, this gives a deceleration of
Oð1026 m s22Þ. This is comparable to the acceleration due to down-fjord winds in that region, but an order
of magnitude weaker than the dominant terms in our applications. In general, the ratio of momentum loss
due to quadratic bottom drag (F) to the momentum input due to down-fjord wind (W) can be written as

F
W

5
Cds0d2

4q0H2C2
5

Cds0d2

4q0g0h1h2H
(9)

where g05gaSDS=q0 is the reduced gravity between the upper and lower layers. The drag contribution is cal-
culated using a lower layer velocity derived from the inviscid Farmer (1976) theory (equation (4)). For our

Figure 4. The averaged upper layer velocity at the mouth
of the fjord as a function of time with l53:125 km. Black:
central run, as in Figure 2; DS52:5 (green); d550 km
(red); and DS52:5; h15250 m (blue), other parameters as
in the central case. Solid lines: numerical model; dashed
lines: theory (3). Bold black line is as the thin black line
with l5625 m.
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application, this ratio is Oð1022Þ and bottom drag is negligible. However, bottom drag
does become more important for long, shallow, weakly stratified, and strongly forced
fjords.

The scaling for the horizontal boundary layer suggests that friction will dominate the
right-hand side of (2) when l � L and the inviscid theory of Farmer will be appropriate
when l � L. These limits are tested by the relative importance of the terms in the merid-
ional momentum equation, when averaged over the width and length of the fjord in
the low-salinity layer, as a function of l/L. The model was run with the same forcing and
stratification as the case discussed above with fjord widths ranging from 125 m to
20.25 km (the grid spacing was reduced to 125 m for the narrowest case). The average
value of the terms on the right-hand side of (2), scaled by the wind stress (which is 21
on this scale), is shown in Figure 5. The time-dependence term is negligible and not
shown. For wide fjords, the pressure term nearly balances the wind stress, with only
small contributions from the Coriolis, frictional, and nonlinear terms. This broadly sup-
ports the assumption in the inviscid Farmer theory. Even though the widest fjord width
is approximately 2:5Ld , rotational effects are still small. This is because the westward
flow in the Ekman layer is nearly balanced by a return eastward flow in the lower part of

the upper layer. Since the Coriolis acceleration is proportional to the net zonal transport in this layer, these
eastward and westward flows nearly cancel in their acceleration of the meridional flow. For very narrow
fjords, L=l < Oð1Þ, the momentum equation reduces to a balance between friction and wind. These results
support the two limits derived above for the maximum velocity in the fjord (equations (4) and (8)).

A series of model runs was carried out with the fjord widths varied from 125 m to 20.25 km and different
values for s0, DS, d, and h1, as summarized in Table 1 (56 runs). The maximum upper layer velocity averaged
across the fjord at the mouth was diagnosed from each of these calculations and is plotted against the half-
width of the fjord in Figure 6a. The peak velocity ranges from about 2 to about 80 cm s21. The velocity
decreases drastically as the width gets less than 2 km, and also shows a smaller decrease for wide domains.
Although these trends are common to each set of runs, there is wide scatter between sets.

The velocity scaled by Vm from (4) is plotted as a function of the fjord half-width scaled by the viscous bound-
ary layer width L in Figure 6b. The two theoretical limits are also indicated on the figure, the dashed line for
Vm, which is independent of l/L, and the solid line is V0=2, the factor of 2 to approximate the cross-fjord aver-
age. The calculations broadly follow these two predictions. For l=L > 1, the model produces maximum veloci-
ties that are 502105% of Vm, with the lowest values generally for the widest channels. (Note that the results
for l=L > 15 are all shown at l=L515 in order to better visualize the results near l=L5Oð1Þ.) Although there is
some scatter, there is a general tendency for the model to produce velocities in excess of the theory for mod-
erately wide fjords and somewhat below the theory for very wide fjords. Nonetheless, the theory does a pretty
good job of collapsing the scatter seen in Figure 6a. For l=L < Oð1Þ, the model velocity is reduced much
below the inviscid theory but follows fairly closely that predicted by the simple boundary layer scaling (8). The
model runs transition from the inviscid theory to the viscous balance for l=L5Oð1Þ.

The nondimensional maximum velocity is also plotted against the fjord width scaled by the baroclinic
deformation radius in Figure 6c. The decrease in velocity with increasing fjord width is more evident when

scaled by the deformation radius compared to the scaling using L, suggesting
that the deformation radius is a more relevant length scale in this regime.
Although there is not an equivalent to the Farmer theory that includes rotation,
it is likely that this reduction in maximum velocity is a result of rotational effects
as 2l=Ld > 1. In the parameter range relevant to Greenland fjords, 2l=L5Oð1Þ,
the inviscid theory is very close to the model results. However, for narrow fjords,
there is more scatter between runs than when scaled with L, confirming that the
viscous length scale is appropriate for that regime.

A useful quantity to measure the impact of the wind event on the fjord is the
total amount of low-salinity water that is fluxed out of the fjord, M. This is simply
the integral of the outflowing velocity at the mouth of the fjord over the time
period 2tm, based on the inviscid theory of Farmer (1976):

Figure 5. The right-hand side terms in the meridional
momentum equation (2), scaled by the magnitude of the
wind stress, averaged over the upper layer and in x, y,
and time as a function of l/L. Time-dependence is negligi-
ble and thus not shown.

Table 1
Parameters for the Model Calculations and Symbols Used in
Figures 6 and 7

s0 (N m21) DS d (km) h1 (m) Symbol

1.5 1.25 100 150
1.5 2.5 100 150
0.15 1.25 100 150
1.5 1.25 100 75
1.5 1.25 50 150
1.5 1.25 100 250
1.5 2.5 100 250
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It is interesting to note that the exchange is independent of the thickness of the lower layer because of
C22. For example, for a decrease in lower layer thickness, the velocity is reduced by a factor of h2=H but the
waves are slower so that the exchange takes place over a longer time period. The exchange found in
the model is compared to that predicted by the theory in Figure 7a. The model exchange is the integral of
the outflowing velocity where S< 31.5 over the time period 2tm. For cases with l=L > 1 (open symbols), the
model and theory compare fairly well, with the theory slightly overpredicting the model exchange for mod-
erately wide fjords. For l=L < 1 (solid symbols), the model exchange is generally well below that predicted
by the inviscid theory.

The portion of the initial low-salinity layer that gets flushed out of the fjord over a period of 1 day, which is
a typical duration of katabatic wind events along east Greenland, is shown in Figure 7b. The trends pre-
dicted by the theory are reproduced in the model for the wide fjords and, as expected, the narrow fjords
produce much less exchange. The percent exchanged ranges from only about 1% for the cases with weak
winds of 0:15 N m22 to almost 40% for the cases with the thinnest upper layer and 1:5 N m22 wind stress. In
general, the percent exchange is greater for thin upper layers (as might be found in summer), slow baro-
clinic wave speeds, strong winds, or short fjords. For the central case discussed above with s521:5 N m22,
d5100 km; l53:125 km, and DS51:25 the theory predicts a volume exchange of 1:131010 m3 over 1 day of
forcing. That is about 12% of the initial upper layer volume in the fjord. The influx in the deep layer repre-
sents an exchange of about 5% of that initial volume. The model run for this case produces an exchange of
16% of the initial upper layer volume and about 7% of the initial lower layer volume, similar to but slightly
larger than that predicted by the theory.

Figure 6. (a) Maximum upper layer velocity at the mouth of the fjord as a function of l for each parameter set in Table 1.
(b) Maximum velocity scaled by Vm as a function of l/L. (c) Maximum velocity scaled by Vm as a function of 2l=Ld . The theo-
retical predictions for the inviscid and frictional limits are given by the dashed and solid lines. Symbols are for different
sets of model parameters, as in Table 1.
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4. Observations From Sermilik Fjord

4.1. Setting
The model and theory are compared with observations from Sermilik Fjord, one of the most extensively stud-
ied fjords in Greenland (Jackson et al., 2014; Jackson & Straneo, 2016; Straneo et al., 2010, 2011; Sutherland
et al., 2014b; Sutherland & Straneo, 2012). Sermilik Fjord is 90 km long, 5–10 km wide, with depths between
500 m and 800 and no shallow sill to impede exchange with the shelf. Helheim glacier, the fifth largest outlet
of the Greenland Ice Sheet, drains into the northwest corner of Sermilik Fjord (Enderlin et al., 2014).

The fjord is primarily composed of two water masses from the shelf: warm, salty Atlantic-origin water at
depth (>3�) and colder, fresher Polar-origin water above 	200 m (Straneo et al., 2010). Additionally, glacial
runoff and submarine melting create glacially modified water masses in the upper layer (Straneo et al.,
2011; Sutherland et al., 2014b). During the nonsummer months, the fjord has a two-layer stratification, with

a pycnocline at 150–200 m depth between the Atlantic and Polar water masses,
while in the summer the upper layer becomes more stratified and stratification
increases toward the surface (Jackson & Straneo, 2016).

The primary drivers of circulation also evolve seasonally. In the nonsummer
months, shelf-density fluctuations, primarily driven by along-shore shelf winds,
drive synoptic variability in the fjord and significant fjord-shelf exchange (Jack-
son et al., 2014). In the summer, shelf forcing is reduced, and a mean buoyancy-
driven exchange flow emerges (Jackson & Straneo, 2016). The fjord is also sub-
jected to occasional strong down-fjord wind events, primarily in the non-
summer months (Oltmanns et al., 2014), and it has been suggested that they
contribute to driving fjord circulation (Sutherland et al., 2014a) but their role
has not yet been thoroughly investigated.

4.2. Data: Fjord Velocity and Winds
Here we use a midfjord mooring from Sermilik Fjord, deployed from August 2011
to June 2012 and September 2012 to August 2013, to investigate the fjord
response to local wind forcing (Figure 8). These records are described extensively in
Jackson et al. (2014) and Jackson and Straneo (2016). CTDs were deployed at five
depths between 14 and 541 m in 2011–2012 and from 50 to 567 m in 2012–2013.
An upward-facing 75 kHz ADCP recorded velocity in 10 m bins over 37–397 m
depth in the first year and in 15 m bins over 54–411 m depth in the second year.

Two wind products are used to investigate the wind forcing of the fjord. A
weather station on the southeast coast of the fjord (Figure 8) is used to esti-
mate the local wind forcing within the fjord (Hasholt et al., 2004; Oltmanns

Figure 7. (a) The volume of water with salinity less than 31.5 fluxed out of the fjord from the model and predicted by the
theory over time 2d=C. (b) The amount of the initial volume of low-salinity water in the fjord that is flushed out over 1
day for the model and theory. Symbols are for different sets of model parameters, as in Table 1. Solid symbols are for
cases for which l=L < 1. The solid line indicates agreement between the model and theory.

Figure 8. (a) Map of Sermilik Fjord region. The mooring location is
shown with a black square. The location of the fjord weather sta-
tion (used for fjord wind conditions) is shown by the blue dot, and
the location of ERA-Interim winds (used for shelf wind conditions)
is shown by the red dot. The arrows at the wind locations indicate
the principal axis of the wind velocity field at those points. The
velocity component along the principal axis is used to capture the
along-fjord and along-shelf winds from the fjord weather station
and ERA-Interim, respectively.
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et al., 2014). At this weather station, the winds are primarily directed along-fjord, and we use the principal
component of the wind velocity to represent the along-fjord component of the fjord winds (orientation of
arrows in Figure 8). The ERA-Interim reanalysis, which has been shown to accurately capture winds along
the southeast coast of Greenland (Harden et al., 2011), was used to examine the shelf winds offshore of Ser-
milik Fjord. The ERA wind field at a point 45 km offshore of the fjord’s mouth was used to extract a time
series of along-shore wind (Figure 8).

In order to compare with the model and theory, we convert wind velocity to wind stress. For the ERA
shelf winds, we used the reanalysis wind field at 10 m above sea level with the Large and Pond (1981) for-
mulation. The conversion for the fjord weather station involves more uncertainty because the weather
station recorded velocity at 2 m above land on a rocky hill next to the fjord, which is 25 m above sea
level. Here we use the Large and Pond (1981) formulation assuming a 2 m height above sea level (i.e.,
neglecting the difference in drag between the land and ocean). However, there is significant uncertainty
in the magnitude of this wind stress estimate; for example, if we instead used a height of 25 m over sea
level, the winds stress would be reduced by approximately 40%. Additionally, the presence of icebergs
and sea ice in the fjord should alter the effective wind stress. Thus, the overall magnitude of the wind
stress from the weather station should be considered a rough estimate. The inviscid theory predicts that
the exchange scales linearly with the wind stress, so this uncertainty in the wind stress maps directly
onto uncertainty in the exchange.

4.3. Analysis
4.3.1. Composite
To examine the fjord response to down-fjord wind forcing, we create composites of the wind and velocity
fields (Figure 9). Eight events over the 2 year moored records are selected based on a criteria for the local

Figure 9. Composite of eight local wind events with down-fjord winds greater than 0.7 N m22. All fields are aligned and then
averaged such that 0 days is the peak wind stress. Error bars are 61 standard error on the mean. (a) Local wind from weather
station, along-fjord component. (b) Along-shelf wind from ERA-Interim; positive is to the southwest and downwelling favor-
able. (c) Along-fjord velocity at midfjord mooring from 57 to 377 m (depth range covered by ADCP records in both years).

Journal of Geophysical Research: Oceans 10.1002/2017JC013026

SPALL ET AL. WIND-DRIVEN EXCHANGE 8256



wind stress of sf < 20:7 N m22, where negative wind stress is down-fjord, and the fields are averaged after
aligning by the time of maximum wind. This criteria is equivalent to a wind speed criteria of 16 m s21, which
is slightly lower than the 17.4 m s21 threshold used to identify katabatic wind events in Oltmanns et al.
(2014). In the 2 years of focus here, there were only 4 events/yr, whereas Oltmanns et al. (2015) find an aver-
age of 7.8 events/yr over 1998–2010. In the composite (Figure 9a), the peak wind is 1.3 6 0.3 N m22 and the
wind event lasts approximately 1 day. About 2 days later there is a weaker, downwelling favorable along-
shelf wind stress of about 1 day in duration (Figure 9b), although this feature is not present in several of the
individual events. We test the sensitivity to this feature by running the model with and without this along-
shelf wind. Note that this shelf wind is much weaker than full barrier wind events, which have typical wind
stresses of 0:8 N m22 (Harden et al., 2011; Jackson et al., 2014).

The full velocity response is shown as a function of depth and time in Figure 9c. There is outflow in the
upper layer that peaks 0.5–1 day after the maximum wind at approximately 0.3 6 0.1 m s21. It is likely that
the peak outflow velocity is above the depth range of the ADCP. Below 200 m, a weak inflow is observed.
This vertical structure is broadly consistent with that found in the model (e.g., see Figure 2a). After 2 days,
the velocity at all depths reverses. In the upper layer, the inflow at day 3 is stronger, and more uniform in
depth, than the preceding outflow.

We now run the model forced with a typical down-fjord wind event based on this composite. A favorable
comparison with the observations will lend support to the model physics, the idealized configuration, and
the interpretations in the previous section. The model was run with a 100 km long, 7.5 km wide fjord but in
a domain that was extended to 375 km in the along-shelf direction with grid spacing of 250 m in the fjord
that gradually expanded to 4 km for distances greater than 90 km from the fjord. The model was forced
with a down-fjord wind that was uniform within the fjord but decayed away from the mouth of the fjord
over the shelf in both the zonal and meridional directions, as indicated in Figure 10a. (Calculations with a
spatially uniform meridional wind produced a similar exchange.) The model wind also varied as a Gaussian
in time with a temporal decay scale of 0.5 days and a peak wind stress of 21:3 N m22 at 1 day (Figure 10b).
The model was run with just the down-fjord wind, and a second calculation was done with an additional

Figure 10. (a) Spatial pattern of wind stress over the shelf in the vicinity of the fjord mouth. (b) Model wind stress (thin lines)
for the meridional (solid) and zonal (dashed) wind components. Bold lines are the composite estimates based on the weather
station and ERA-Interim locations shown in Figure 8. (c) Along-fjord velocity for the model at mid-fjord and 55 m depth (thin
lines) and mooring observations (bold line). The thin solid line is for a calculation with only meridional winds and the thin
dashed includes the added along-shelf wind that follows the down-fjord wind (dashed line in Figure 10b).
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weaker, spatially uniform along shelf wind with amplitude 0:25 N m22 and Gaussian decay of 0.5 days that
peaks on model day 3, 2 days after the peak down-fjord wind (Figure 10b, dashed line).

The model velocity at 55 m depth in the middle of the channel, 25 km from the mouth of the fjord, is shown
in Figure 10c. The amplitude and duration of the model outflow are close to the mooring measurements,
with a slightly earlier phase. The model also produces an inflow following the outflow event, although the
amplitude is only about 60% as strong as the observed inflow. The along-shelf wind event results in a
slightly stronger and longer inflow but is otherwise similar to the case with just the down-fjord wind.
4.3.2. Volume Exchanged
We are interested in the exchange between the fjord and shelf that is driven by these along-fjord wind
events. The volume flux exchange is estimated in several ways. Due to the limited coverage of the ADCP
near the surface, estimates of volume flux have significant uncertainty. First, we estimate the average upper
layer volume flux using the composite of velocity at 57 m, assuming no cross-fjord shear, a fjord width of
7.5 km, and an upper layer thickness of 150 m. With this method, the peak volume flux during the outflow
is 3.561:33105m3 s21 and the total volume exchanged (at the midfjord mooring location) is 2:931010m3

over 1.8 days.

Better estimates of volume flux can be calculated in the first year of the record, when the ADCP extended
closer to the surface. A time series of upper layer volume flux for this record was calculated in Jackson et al.
(2014) by integrating the velocity above the r 5 27 kg m23 isopycnal and using four methods of extrapolat-
ing to the surface. Using this time series of upper layer volume flux, we find that in the first winter, the two
largest wind events (with wind stresses of 0.9 and 1.1 N m22) resulted in peak upper layer volume fluxes of
3:460:63105 and 3:760:63105m3 s21, and total volume exchanges of 3:960:831010m3 over 2.2 days
and 5:861:031010m3 over 2.3 days. The error bars for these volume fluxes are the spread from using a
range of extrapolations, as described in Jackson et al. (2014). The peak outflow in the model is
2:63105 m3 s21, similar to but weaker than the observed exchange, while the total volume fluxed out in the
model with the along-shelf winds was 2:431010 m3.

When compared to the total volume of the upper layer (1:231011m3), the range of values above represent
an exchange of 17–35% of the entire upper layer of the fjord during one wind event. Assuming the same
volume exchanged in the lower layer (i.e., a purely baroclinic flow) and a lower layer volume of
2:831011 m3, there would be an exchange of 7–15% of the lower layer. The model calculation above pro-
duced an exchange of 21% of the initial upper layer volume and 9% of the initial lower layer volume, at the
lower end but within the observational estimates.

It should be noted that these volume exchanges are recorded at the midfjord mooring location. The veloci-
ties are expected to be larger at the mouth of the fjord, so these can be understood as a lower bound on
the volume exchanged between the fjord and shelf.

Previous work has shown that the shelf-driven flows in Sermilik drive a typical exchange of 8.5 6 0.8 3 1010

m3 over one event—equivalent to 50% of the upper layer volume. Thus these local wind-driven exchanges
are smaller but similar in magnitude to the shelf-driven events. However, there are approximately 16 shelf-
driven events per year (Jackson et al., 2014) versus 4–8 along-fjord wind events per year (as defined here
and in Oltmanns et al. (2014)). Thus, overall in Sermilik the shelf forcing should have a larger impact on
exchange and flushing.

5. Sill Influence

Although there is no prominent sill located at the mouth of the Sermilik Fjord, sills are present in other
Greenland fjords, such as Godthåbsfjord (Mortensen et al., 2011) and Ilulissat Icefjord (Schumann et al.,
2012) along west Greenland, and they may block the exchange between the fjord and shelf. The inviscid
Farmer (1976) theory is not readily extended to include bottom topography that is a function of the along-
fjord distance. However, the theory can be used to test a simple assumption about how the sill might influ-
ence the exchange. If it is assumed that the sill is sufficiently narrow that the wave speed is controlled by
the depth of the lower layer away from the sill, C would be determined by the flat-bottom fjord with a lower
layer thickness of h2. This means that the time for waves to propagate from the head to the mouth of the
fjord would be independent of the sill depth. However, if it is assumed that the exchange driven locally by
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the wind and pressure gradient is controlled by the local layer thicknesses h1 and h22hs,
where hs is the sill height above the flat bottom, then (10) predicts that the outflow volume
depends on the thickness of the lower layer at the sill as

Ms5
s0 l ðh22hsÞ

q0 ðh11h22hsÞ
d
C

� �2

; (11)

where C5ðgh1h2aSDS=q0HÞ1=2 is based on the flat bottom lower layer thickness h2.

The model was run forced by the composite wind event that includes both the down-fjord
and the along shelf winds and a sill located at the mouth of the fjord. The height of the sill
above the bottom was varied from 100 to 350 m. The tallest sill corresponds to topography
that extends from the bottom to the resting interface between the upper and lower layers.

The volume of upper layer water that flows out of the fjord, normalized by the flat bottom
exchange, is shown in Figure 11 as a function of the fractional sill height. The flat bottom
solution is indicated by the dashed line and the simple sill representation (11) is given by
the solid line. For moderate sill heights, the exchange is close to that predicted by the flat
bottom theory. However, the exchange rapidly drops for sill heights greater than about
75% of the resting lower layer thickness, roughly following the heuristic model in which
the local exchange is limited by the local lower layer thickness.

The overturning circulation is shown in Figure 12 for the flat bottom case and for the case
with hs 5 300 m. The overturning circulation over the flat portion of the fjord with a sill is
essentially the same as for the case with no sill. As the lower layer thins over the topogra-
phy, the outflowing waters in the upper layer downwell, resulting in an overturning circula-

Figure 11. The volume fluxed out of the fjord for a
series of model calculations, normalized by the flat
bottom exchange, as a function of the fractional sill
height hs compared to the resting lower layer thick-
ness h2 (symbols). The lines are predictions from the
inviscid theory with no sill (dashed line) and where
the phase speed is unaffected by the sill but the
exchange is controlled by the thickness of layer 2
over the sill, equation (11) (solid line).

Figure 12. The overturning stream function (106 m3 s21) at the time of maximum exchange (1.375 days) for: (a) a flat bot-
tom and (b) a 300 m tall sill. The difference between the flat bottom overturning and the sill over turning is shown in Fig-
ure 12b by the white contours (contour interval 0.05 106 m3 s21). The black dashed line in Figure 12b is the mean position
of the 31.5 salinity contour, roughly marking the transition from the upper to lower layers.
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tion within the fjord. The deep inflow, and hence the upper layer outflow, is eventually shut down for a sill
height that extends to the base of the upper layer. It seems possible that hydraulic controls to the exchange
may become important as the lower layer becomes very thin at the crest of the sill, but such conditions
have not been explored here.

6. Summary

An idealized numerical model, two-layer and scaling theory, and observations have been used to address
how much exchange between a fjord and the ocean shelf is expected from katabatic wind events. The
numerical model is used to identify two primary regimes. For fjord widths narrow compared to a frictional
boundary layer thickness, which depends on the frictional parameterization used, the exchange is limited
by lateral friction. For the nonlinear Smagorinsky parameterization used here, the boundary layer width
depends on the wind stress, stratification, and fjord length, as well as on the model grid spacing and an
empirical constant. For fjords wider than this frictional length scale, the flow is well approximated by the
two-layer, nonrotating inviscid theory of Farmer (1976), although the model does show a slight decrease in
exchange for fjords much wider than the baroclinic deformation radius, suggesting that rotational effects
can become important. This theory predicts that the exchange is largest for fjords with a thin upper layer,
slow baroclinic wave speeds, strong winds, or long along-fjord dimensions. A typical wind event will result
in an exchange of O(10%) of the initial low-salinity upper layer between the fjord and shelf. The presence of
a sill reduces the exchange only for sills that penetrate most of the way through the lower layer.

The model and theory are used to investigate the response of Sermilik Fjord, SE Greenland, which is known to
experience strong along-fjord wind events—whose contribution to the fjord dynamics is currently unknown. A
meteorological station in Sermilik Fjord (southeast Greenland) and ERA-Interim reanalysis were used to derive a
representative katabatic wind event based on 8 events over a 2 year period. The dominant forcing for these
events is the along-fjord katabatic wind with wind stresses exceeding 1 N m22. An idealized numerical model
forced with such winds produces an outflow in the upper layer of O(30 cm s21) in the days following the kata-
batic wind that is followed by a similar strength inflow over several additional days. Mooring observations col-
lected from Sermilik Fjord, averaged over these eight individual wind events, show a very similar pattern and
strength of outflow during/immediately after the katabatic wind followed by a substantial inflow for 2–3 days
after that. Although the model exchange is weaker than observed, given the large uncertainties in the wind
stress experienced by the fjord and the extrapolation required to estimate the near surface velocities from the
observations, we conclude that the model results are broadly consistent with the observed exchange resulting
from down-fjord wind events. These results indicate that katabatic wind events represent a significant
exchange mechanism between the fjord and shelf for flushing the upper layer of the fjord (where glacial melt-
water can accumulate) and renewing the warm, salty waters at depth. However, the shelf wind-driven flows
are stronger and more frequent and should have a larger impact on the total exchange and flushing.
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