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SUMMARY

Mantle-based stresses have been proposed to explain the occurrence of deformation in the
interior regions of continental plates, far from the effects of plate boundary processes. We
examine how the gravitational removal of a dense mantle lithosphere root may induce defor-
mation of the overlying crust. Simplified numerical models and a theoretical analysis are used
to investigate the physical mechanisms for deformation and assess the surface expression of
removal. Three behaviours are identified: (1) where the entire crust is strong, stresses from
the downwelling mantle are efficiently transferred through the crust. There is little crustal
deformation and removal is accompanied by surface subsidence and a negative free-air gravity
anomaly. Surface uplift and increased free-air gravity occur after the dense root detaches. (2)
If the mid-crust is weak, the dense root creates a lateral pressure gradient in the crust that
drives Poiseuille flow in the weak layer. This induces crustal thickening, surface uplift and
a minor free-air gravity anomaly above the root. (3) If the lower crust is weak, deformation
occurs through pressure-driven Poiseuille flow and Couette flow due to basal shear. This can
overthicken the crust, producing a topographic high and a negative free-air gravity anomaly
above the root. In the latter two cases, surface uplift occurs prior to the removal of the mantle
stress. The modeling results predict that syn-removal uplift will occur if the crustal viscosity
is less than ~10%' Pa s, corresponding to temperatures greater than ~400-500 °C for a dry
and felsic or wet and mafic composition, and ~900 °C for a dry and mafic composition. If
crustal temperatures are lower than this, lithosphere removal is marked by the formation of
a basin. These results can explain the variety of surface expressions observed above areas of
downwelling mantle. In addition, observations of the surface deflection may provide a way to
constrain the vertical rheological structure of the crust.

Key words: Dynamics of lithosphere and mantle; Intra-plate processes; Rheology: crust and
lithosphere; Tectonics and landscape evolution.

1 INTRODUCTION

Crustal deformation and vertical surface deflection have been ob-
served in the interior regions of many continental plates. These
range from the creation of sedimentary basins (e.g. the Congo basin
in Africa and the Tulare basin in North America; Downey & Gurnis
2009; Levandowski & Jones 2015) to the formation of mountains
(e.g. the Tien Shan in China and the Alpine and Carpathian oro-
gens in Europe; Houseman & Molnar 2001; Gemmer & House-
man 2007). Such events contrast with the traditional view of rigid
tectonic plate, where deformation is limited to plate boundaries
(e.g. Kreemer et al. 2003). Two main causes have been proposed
to explain intraplate deformation: (1) stresses transmitted laterally
from plate boundaries that localize in weak intraplate regions (e.g.
Kusznir & Park 1984; Mazzotti & Hyndman 2002); and (2) stresses

transmitted upwards from the dynamic mantle (e.g. McKenzie 1977;
Neil & Houseman 1999). Mechanism (2) includes stresses originat-
ing from either the sublithospheric mantle or the mantle lithosphere.
In either case, the mantle-based stresses may result in deforma-
tion of the overlying crust and/or deflection of the Earth’s surface
(e.g. Morgan 1965; Neil & Houseman 1999; Buiter et al. 2002;
Pysklywec & Shahnas 2003; Burov & Guillou-Frottier 2005; Burov
& Cloetingh 2009; Duretz ef al. 2012; Flament et al. 2013). Within
the sublithospheric mantle, downwelling (e.g. a region of subduc-
tion) or upwelling (e.g. a mantle plume) impose vertical stresses
on the upper plate and may depress or uplift the Earth’s surface
by hundreds of metres over wavelengths of hundreds to thousands
of kilometres (Gurnis et al. 1998; Burov & Guillou-Frottier 2005;
Burov & Cloetingh 2009; Braun 2010; Flament ef al. 2013). On
the other hand, dynamical processes in the mantle lithosphere may
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induce deformation on shorter wavelengths. For example, crustal
deformation and surface deflection over tens to hundreds of kilome-
tres are observed above regions associated with foundering mantle
lithosphere (e.g. the Arizaro basin in the central Andes; Schoen-
bohm & Carrapa 2014).

In this study, we investigate the relationship between gravitational
lithosphere removal and crustal deformation in order to understand
how mantle-based stresses are transferred through the crust, induc-
ing deformation and deflection of the overlying surface. The mantle
lithosphere may be denser than the underlying mantle because of its
lower temperature and/or the presence of dense compositions (e.g.
eclogite) produced through magmatic and metamorphic processes.
As aresult, the mantle lithosphere can be 20-300 kg m~3 denser and
thus is susceptible to gravitational foundering into the deeper man-
tle (e.g. Houseman ef al. 1981; Kay & Kay 1993; Ducea & Saleeby
1996; Poudjom Djomani e al. 2001; Jull & Kelemen 2001; Richards
2003; Saleeby et al. 2003). On the basis of seismic tomography im-
ages, sedimentation records, magmatic history and other observa-
tions, lithosphere removal is inferred to have occurred in a number
of regions, such as the Puna Plateau in South America (Ducea et al.
2013), the Tien Shan orogen in Asia (Houseman & Molnar 2001)
and the southern Appalachian orogen in North America (Biryol
et al. 2016).

A variety of surface expressions are observed over regions of pro-
posed gravitational lithosphere removal. The formation of a dense
lithosphere root is expected to cause isostatically driven subsidence,
followed by surface uplift as the root detaches. There may also be
a dynamic component of surface deflection, as root foundering and
subsequent mantle upwelling induce vertical stresses on the over-
lying material. These processes may explain the development of
transient sedimentary basins (depth > 0.5 km), such as the Tu-
lare basin in the western California (Saleeby et al. 2012) and the
Arizaro basin in the central Andes (Wang et al. 2015). However,
there are places where lithosphere removal is associated with ei-
ther minor surface subsidence (depth < 0.5 km) or surface uplift
(ranging from hundreds to thousands of metres). These include the
Wallowa Mountains in North America (Hales et al. 2005), the Tien
Shan orogen in China (Houseman & Molnar 2001), the Isan orogen
in Australia (Pysklywec & Beaumont 2004) and the Rif mountain
in northern Morocco (Petit et al. 2015).

The diverse surface deflections associated with lithosphere re-
moval appear to be related to crustal deformation, as removal in-
duces stresses within the overlying crust. A number of studies have
used linear stability analysis to assess crustal deformation during
gravitational removal, assuming either a single-layer viscous crust
(e.g. Neil & Houseman 1999; Molnar & Houseman 2013) or one
with an exponential decrease in viscosity with depth (Molnar &
Houseman 2015). These studies demonstrate if the crust is relatively
strong (>13-30 times more viscous than mantle), lithosphere re-
moval is accompanied by surface subsidence. If the crust is weaker,
the mantle downwelling causes contraction and thickening in the
overlying crust, leading to surface uplift. These analyses provide an
instantaneous picture of the surface and Moho deflection associated
with a small-amplitude perturbation at the base of the dense litho-
sphere. Other studies have considered the time-dependent evolution
of lithosphere removal below a single-layer crust with either a con-
stant viscosity (e.g. Neil & Houseman 1999; Pysklywec & Shahnas
2003; Hoogenboom & Houseman 2006) or variable viscosity (e.g.
Elkins-Tanton 2007; Gemmer & Houseman 2007; Goglis & Pyskly-
wec 2008), or a two-layer crust with a variable viscosity (e.g. Wang
et al. 2014, 2015). These models also demonstrate the occurrence
of crustal deformation in areas where the crust is relatively weak,
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leading to crustal thickening and surface uplift above the foundering
lithosphere. An important result of these models is that the surface
uplift occurs prior to the detachment of the dense lithosphere, con-
trary to what would be expected for rigid plates.

These studies highlight that the potential importance of crustal
deformation in modifying the surface expression of lithosphere re-
moval. The majority of studies cited above consider the crust as
a single viscous layer. In contrast, rheological studies show that
the crust may be vertically stratified (e.g. Burov & Guillou-Frottier
2005; Burov & Watts 2006). In particular, there may be weak layers
within the mid- or lower crusts, and deformation should preferen-
tially localize in these layers. In our previous work, we found that
the crustal behaviour during lithosphere removal is sensitive to the
rheological layering in the crust (Wang et al. 2014, 2015). How-
ever, these models use a non-Newtonian, temperature-dependent
rheology for each crustal layer. The complex feedback among
strain rate, temperature and effective viscosity make it difficult
to access the fundamental physical mechanisms that drive crustal
deformation.

In this study, we use simplified numerical models with a layered
crustal viscosity to evaluate that how gravitational lithosphere re-
moval may induce crustal deformation. Specifically, we investigate
how the presence of a weak crustal layer affects the deformation
and the resulting surface expression (topography and gravity; Fig.
la). By using simplified models, we can compare the model results
with a theoretical analysis to demonstrate the factors that drive de-
formation. This approach provides insight into the origin of crustal
deformation induced by mantle stresses, and therefore the results
are relevant to other areas where the convective mantle exerts a
stress on the crust.

2 CRUSTAL VISCOSITY STRUCTURE

Geological and geophysical studies show that the crust has a mul-
tilayered rheological structure, and in some cases there may be a
weak viscous channel in the mid- or lower crusts (Burov & Watts
2006; Royden et al. 2008). One place where a weak mid-crustal
channel may exist is southern Tibet. Reflection bright spots in seis-
mic studies (Makovsky et al. 1996; Nelson et al. 1996) and high
electrical conductivities in a magnetotelluric study (Li ef al. 2003)
are interpreted to indicate a weak channel at 1540 km depth; the
crustal thickness in this area is ~70 km. The electrical conduc-
tance suggests viscosities of 2.5 x 10'-3 x 10% Pa s in this
channel (Rippe & Unsworth 2010). In other places, a weak channel
has been inferred in the lower crust. For example, an analysis of
the topographic evolution of the central Andes suggests that there
may be a ~30 km thick weak layer with a viscosity of 10'—10%°
Pa s that extends to the base of the ~65 km thick crust (Gerbault
et al. 2005). At the boundaries of the Tibetan plateau, a 15 km
thick weak lower crust (viscosity of 10'¥-10?' Pa s) can explain
the gradients in surface topography (Clark & Royden 2000). In
the Basin and Range province of the western United States, long-
wavelength gravity anomalies and topographies are consistent with
a 25 km thick lower-crustal channel with a viscosity of 10'¥-10% Pa
s (Kruse et al. 1991).

Alow-viscosity channel can occur because the viscous strength of
crustal rocks decreases with temperature (e.g. Kohlstedt et al. 1995;
Ranalli 1995). To demonstrate the general conditions under which
a weak crustal layer may form, we have calculated viscous strength
profiles (Fig. 1). The calculations use a 60 km thick crust, compara-
ble to the thickness in orogenic regions where crustal channels are
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Figure 1. (a) Illustration of surface deformation and flow in a weak crustal channel (yellow) induced above a mantle downwelling. P = Poiseuille flow.
C = Couette flow. (b) Geotherms for a 60 km crust, consisting of a 40 km upper-mid crust and 20 km lower crust. The geotherm profiles correspond to different
surface heat flows (¢, in mW m~2). These are calculated with a thermal conductivity of 2.5 Wm~! K~ for all materials and radiogenic heat production of
1.3 uW m~3 in the top 10 km of the crust, 0.4 uW m~ in the rest of the crust and 0 uW m~ in the mantle (Currie et al. 2004). The dry and wet granite
solidus lines are from Chapman (1986). (c) Effective viscosity profiles calculated for each geotherm [using same line colours as in (b)], assuming a felsic
upper-mid crust and mafic lower crust. Rheology parameters for upper-mid crust are those of dry granite (Ranalli 1995), the lower crust uses dry Maryland
diabase parameters (Mackwell et al. 1998), and the mantle uses dry olivine parameters (Hirth & Kohlstedt 1996). The red rectangle shows the inferred depth
and viscosity for a mid-crustal channel in southern Tibet (see the main text). (d) Effective viscosity profiles assuming that the entire crust is felsic, with the
rheology parameters of dry granite (Ranalli 1995). The red rectangle is the depth and viscosity of the inferred lower-crustal channel at the edge of Tibet (Clark
& Royden 2000); the green rectangle shows the conditions for the lower-crust channel under Nevada (Kruse et al. 1991); the blue line shows the depths and
viscosity in the central Andean plateau (Gerbault e al. 2005). The effective viscosity calculations use a strain rate of 10~'% s! (solid lines) and 10716 s~!

(dashed lines).

observed. Strength profiles are calculated for the geotherms shown
in Fig. 1(b), corresponding to surface heat flows of 40-90 mW m>.
A heat flow greater than 70 mW m~? gives extremely high temper-
atures in deep crust, and therefore temperatures are capped at those
of'a 1300 °C adiabat.

Fig. 1(c) shows the predicted strength profiles for crust consist-
ing of a felsic upper-mid crust and a mafic lower crust (Ranalli
& Murphy 1987), using the rheological parameters of dry granite
(Ranalli 1995) and dry Maryland diabase (Mackwell ef al. 1998),
respectively. Fig. 1(d) shows the strength profiles assuming that the
entire crust is felsic (Gao et al. 1998) and has a dry granite rheology
(Ranalli 1995). Hydration and partial melting will result in lower
effective viscosities than shown in Figs 1(c) and (d) (e.g. Rosenberg
& Handy 2005). In the calculations, strain rates of 10~4-1071¢ s~!
are used, as the crustal strain rates in the numerical models in Sec-
tion 3 generally fall within this range, with the weak channel having
a higher strain rate. In the following, we assume that a weak channel
is created if the viscosity is less than 10! Pa s over a thickness of at
least 10 km, and the weak channel is taken to deform at 1074 s~1.

Fig. 1(c) shows that to create a weak mid-crustal channel, the
crust must have a layered composition such that the mid-crust is

felsic, while the lower crust is mafic and strong. For a strain rate
of 10~ s~!, a weak channel can occur where mid-crustal tempera-
tures are >400 °C, and therefore geotherms for a heat flow greater
than 50 mW m~2 meet this condition. The mid-crustal channel also
requires that the lower crust is strong (viscosity >10%! Pa s), which
likely requires a dry and mafic lower crust (Fig. 1c). This corre-
sponds to heat flow lower than 70 mW m~2, assuming a low strain
rate in this layer (107'° s=!). A higher strain rate, more felsic or
more hydrated lower crust would be weaker, and therefore lower
temperatures (lower heat flow) would be required to maintain a
strong lower crust.

To create a lower-crustal channel, either the lower crust must
be warm and felsic, or hot and mafic. For a strain rate of 10~'4
s~!, this occurs for heat flow greater than 40 mW m~2 for fel-
sic lower crust (Fig. 1d), and heat flow greater than 60 mW m~2
for mafic lower crust (Fig. 1c). Overall, these calculations demon-
strate that a weak channel may form in the mid- or lower crusts
in an orogenic region with moderate- to high-surface heat flow.
If the crust were thinner than 60 km, higher heat flows are
required to attain the critical temperatures needed for a weak
channel.
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Figure 2. Numerical model geometry and boundary conditions for Model
A (see the text for details). For Models B and C, a weak channel with a
viscosity of 10'® Pa s is placed within the crust at 30-40 and 50-60 km
depths, respectively.

3 NUMERICAL MODELS OF
LITHOSPHERE REMOVAL

3.1 Numerical model setup

The goal of this study is to assess how the crust behaves during
gravitational lithosphere removal. In particular, we are interested
in how deformation may concentrate within a weak layer in the
mid- or lower crusts. The 2-D numerical models are 1000 km wide
and 1000 km deep, with a 110 km thick continental plate (60 km
crust and 50 km mantle lithosphere) that overlies sublithospheric
mantle (Fig. 2). The side and basal boundaries are free slip, and
no material passes through them. The top boundary is stress-free,
allowing topography to develop during model evolution.

Alllayers in the models are initially horizontal and have a constant
density and viscosity (Fig. 2 and Table 1). The simplified structure
provides a straightforward way to investigate the first-order physical
mechanisms for crustal deformation (e.g. Kruse et al. 1991; Clark
& Royden 2000). The constant viscosity in each layer ensures that
only vertical strength variations affect the dynamics. The constant
density means that the lateral variation in crustal thickness is one
of main factors that controls the deformation and associated sur-
face topography, and precludes complications due to other factors
(e.g. temperature effects). These simplifications also allow for an
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analytical study of the linkage between mantle dynamics, crustal
flow and surface topography.

We examine three different crustal structures. In Model A, the
crust has a constant viscosity of 10?3 Pa s, representing the case
where the whole crust strong, perhaps due to cool and mafic con-
ditions; lower viscosities are considered in Section 3.3. We then
present models with a 10 km thick, low viscosity (10'® Pa s) layer
in either the mid-crust (Model B) or lower crust (Model C). These
models represent end-member cases to demonstrate the effects of
an extremely weak channel within the crust. Section 5 examines
variations in the channel viscosity and the thickness of the crust and
channel.

Gravitational lithosphere removal is initiated by introducing a
50 x 50 km high-density body (root) in the mantle lithosphere
that is 40 kg m~3 denser than the underlying mantle; in Section 5,
variations in root density are considered. As convective drip-style
removal is symmetric, only half of the removal is modeled, with
the left model boundary being the line of symmetry. As discussed
above, the dense root could represent an area with an accumula-
tion of high-density assemblages associated with metamorphic or
magmatic processes. The growth rate of a gravitational instability
depends on both the density and viscosity of the materials (e.g.
Houseman et al. 1981; Houseman & Molnar 1997). For simplicity,
we do not vary the viscosities of the mantle lithosphere and sub-
lithospheric mantle (Fig. 2); these viscosities are chosen to obtain
lithosphere removal on a timescale of 10-20 Ma.

The numerical models use finite-element code SOPALE to cal-
culate the mechanical evolution of crust and mantle under the as-
sumptions of incompressibility and plane strain (Fullsack 1995).
SOPALE has been widely used to model crustal channel flow (e.g.
Beaumont et al. 2001, 2004, 2006; Jamieson et al. 2004, 2006). The
code uses an arbitrary Lagrangian—Eulerian approach to solve the
equations of conservation of mass and force balance. The Eulerian
mesh has a resolution of 5 x 2.5 km (width x height) in the up-
per 140 km, except at 30—60 km depth where the Eulerian mesh is
5 x 1 km. The smaller elements here ensure adequate resolution of
the dynamics of the weak channel. In the lower 860 km, the mesh is
5 x 10 km. Benchmark tests show that this resolution is sufficient
to resolve growth rates of Rayleigh—Taylor instabilities to within
6 per cent of their expected value (e.g. Houseman & Molnar 1997).

The models are run in two phases. In phase 1, the models are run
for 1 Myr without a weak crustal channel. This allows the model
to isostatically adjust to the load of dense root. This causes the

Table 1. List of numerical models. In all models, the properties of the strong crust, mantle lithosphere and sublithospheric mantle are those in Fig. 2.

Crustal Channel depth Mantle lithosphere Root density Channel viscosity
thickness (km) (km) thickness (km) (kg m™3) (Pas) Model
60 No channel 50 3340 n/a Model A (Fig. 3)
Crustal viscosity tests
(Fig. 5)
30-40 (MC%) 50 3340 10'8 Model B (Fig. 7)
3320-3540 10'8-10%! Parameter tests
(see Section 5) (see Section 5) (Fig. 10)
50-60 (LC?) 50 3340 10'8 Model C (Fig. 8)
3320-3540 1018-10%! Parameter tests
(see Section 5) (see Section 5) (Fig. 11)
40¢ 17-27 (MC?) 50 3340 10'8
30—40 (LCP) 50 3340 10'8

4MC = mid-crust channel model.
bLC = lower-crust channel model.

“For models with 40 km thick crust, the Eulerian mesh has a resolution of 5 x 2.5 km (horizontal x vertical) in the upper 140 km, except at 20—50 km
depth where the Eulerian mesh is 5 x 1 km. In the lower 860 km, the mesh is 5 x 10 km.
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surface above the root to subside by ~0.3 km, forming a basin with
a half-width of ~150 km. Model experiments start at this point,
which is defined as a time of 0 Myr in the discussion below. In the
second phase, we introduce the weak crustal channel to examine
how this affects the model evolution. Specifically, we are interested
in the crustal flow and associated surface observables (surface to-
pography, crustal thickness and free-air gravity). The flow velocity
and thickness of crust and surface topography are obtained directly
from the numerical models. To obtain the free-air gravity, the model
domain is gridded into rectangular cells, and the gravitational at-
traction of each cell is calculated at an elevation of 2 km above the
undisturbed model surface using the Talwani et al. (1959) method.
The resulting gravity profile is subtracted from the gravity expected
for a lithosphere with a 60 km crust and no dense root, and the grav-
ity difference is corrected for measurement elevation. The result-
ing profile is therefore the free-air gravity anomaly at an elevation
of 0 km.

3.2 Reference models

3.2.1 Strong crust model (Model A)

We first examine lithosphere removal with a strong crust that has a
uniform viscosity (102 Pa s), that is, no weak crustal channel. Fig. 3
shows the model evolution. The root is gravitationally unstable and
it descends, forming a drip shape at the base of lithosphere by
14 Myr. This is followed by necking and detachment at ~21 My,
which removes the majority of the high-density root (Fig. 3¢). Here,
detachment is used to denote when the coupling between the root
and crust rapidly decreases. It corresponds to a rapid increase in
the downward velocity of the root (Fig. 3d) and abrupt surface
uplift (Fig. 4a). Because of viscous coupling, the uppermost part of
the root remains below the crust (Conrad & Molnar 1999), and a
tailing conduit remains between the drip and the base of lithosphere
(Whitehead & Luther 1975, Fig. 3c).

Fig. 3(a) shows the surface topography, and Fig. 4(a) shows the
evolution of surface elevation above the root centre. Throughout the
removal process, there is a basin above the drip, with an adjacent
small topographic high due to viscous resistance. The basin depth
increases from ~0.3 to ~0.4 km as the root detaches. This slow
subsidence is caused by the dynamic stress from the sinking root.
As dense root detaches at ~21 Myr, the surface uplifts rapidly. At
30 Myr, the basin centre is ~0.1 km lower than the surroundings;
this is due to the presence of the residual dense root in lithosphere.

The gravitational removal affects the free-air gravity. Fig. 3(b)
shows that the free-air gravity profile follows that of the surface
topography. A negative free-air gravity anomaly is observed above
the root and a small positive anomaly is observed over the adjacent
topographic high. Over the basin, the negative anomaly increases as
the root sinks, and after detachment, the magnitude of the anomaly
decreases. The topography is the main contribution to the free-air
gravity anomaly. The density contrast between crust and air (2800 kg
m~?) means that a topographic low results in a density deficit and
thus a negative gravity anomaly. The crustal thickness does not
change during the model evolution, and the dense root has a minor
contribution to the surface gravity owing to its large depth and its
small density contrast relative to the adjacent mantle (40 kg m~3).

Fig. 3(e) shows the horizontal velocities along a vertical profile
through the crust at a distance of 150 km (i.e. the edge of the basin).
The velocity is zero throughout the root removal process, indicating
that there is no internal crustal deformation and the crustal thickness

does not change (Fig. 4d). As a result, root removal is associated
with surface subsidence and negative free-air gravity. Surface uplift
and an increase in free-air gravity only occur after the dense root
detaches.

For comparison, we also test models with a lower viscosity crust.
With a crustal viscosity of 10'® Pa s, the root is weakly coupled
to the overlying crust and it founders more rapidly than in Model
A, detaching at ~10 Myr (Fig. 5a). The surface above the root,
which was initially a topographic low, undergoes rapid uplift to
~0 km elevation within ~1 Myr and remains at this elevation as
the root detaches (Figs 4a and 5a). The surface uplift is due to the
fact that the dense root induces deformation and thickening of the
overlying crust (Fig. 4d, ¢f Neil & Houseman 1999). The initial
isostatic subsidence and negative dynamic topography created by
the downwelling mantle are counteracted by the crustal thickening.

Figs 6(a) and (b) show the distribution of stress and strain rate for
the models with strong (10?* Pa s) and weak (10'® Pa s) crust. When
the entire crust is strong (Model A), the vertical normal stresses as-
sociated with the instability in the mantle are efficiently transferred
through the crust, resulting in stresses of ~107 Pa in the crust above
the root region. The stresses from downwelling mantle depress the
surface above the root, while the crust itself is too strong to de-
form (strain rates less than 107'% s=!). On the other hand, with a
weak crust, stresses are < 10* Pa in the crust above the root (Fig.
6b). The mantle stresses induce a higher strain rate in the crust
(>10"1 s7!; Fig. 6b) and the weak crust undergoes thickening
above the root. Owing to the weak crust, the surface stresses and to-
pography are decoupled from the underlying lithosphere dynamics.

If the crust has an intermediate viscosity (102! Pa s), root removal
induces crustal deformation and thickening, and the surface above
the root uplifts to a positive topography of ~0.25 km prior to root
detachment at ~17 Myr (Figs 4a and 5b). In this model, the crust is
thickened by up to ~8 km prior to detachment, compared to ~6 km
of thickening for the model with the weakest crust (Fig. 4d). The
crustal thickening in the weakest model is limited by gravitational
forces in the crust that resist lateral gradients in buoyancy. This is
also why a topographic high is not created in the weakest model;
the crust is too weak to sustain a deflection of its upper bound-
ary. In contrast, with an intermediate viscosity, the crust is weak
enough to be deformed and thickened, but strong enough to sustain
a topographic high as the crust thickens.

These three models demonstrate three distinct surface expres-
sions associated with root removal, depending on the crustal vis-
cosity (Fig. 4a). They are compatible with the analysis of Neil
& Houseman (1999) who highlight the role of crustal defor-
mation and thickening in modulating the topographic response
to the gravitational removal of the lithosphere. In the next two
models, we consider the effect of vertical stratification of crustal
viscosity.

3.2.2 Mid-crustal channel (Model B)

In Model B, the presence of a weak mid-crustal channel is examined.
This represents a crust that is relatively hot and is comprised of a
weak, felsic upper-mid crust and a strong, mafic lower crust (Fig.
lc). In the model, a 10 km thick layer with a viscosity of 10'® Pa s
is placed at 30—40 km depth (Fig. 7). Other parameters are identical
to those in Model A.

Asin Model A, the root is gravitationally unstable and founders as
a drip within ~22 Myr (Fig. 7¢). The foundering process is generally
the same as that in Model A. However, the surface response to
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Figure 3. Evolution of Model A, which has a uniformly strong crust with a viscosity of 10?*> Pa s. (a) Surface topography. (b) Free-air gravity. (c) Model
geometry at the given times after the start of phase 2 of the model run. (d) Downward velocity at the base of sinking lithosphere at x = 0 km until the drip
reaches the lower boundary of model domain. Grey shading denotes when the drip has detached from the lithosphere. (e) Profile of the horizontal crustal flow
velocity at x = 200 km.
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Figure 4. The evolution of surface elevation above the centre of drip (x = 0 km) in (a) Model A with crustal viscosity of 10%* Pa s (black line), and two
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channel. (d)—(f) show the evolution of crustal thickening above the centre of the drip for Models A, B and C, respectively. Solid lines are models with 60 km
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removal in this model is quite different. As the root founders, the
overlying surface undergoes uplift (Figs 4b and 7a). The surface
elevation above the root centre is 0 km by 6 Myr and remains at
this elevation until 22 Myr when the root detaches. After the root
detaches, the surface uplifts to ~0.1 km above surroundings and
then subsides.

The distribution of stress and deformation in Model B is also
distinct from that in Model A (Fig. 6¢). The weak mid-crustal
channel decouples the mantle root and shallower crust. With the
weak channel, the stresses from the dense root are not efficiently
transferred to the shallow crust, leading to near-surface stresses of
10°-10° Pa. High deformation and strain rates are localized in the
mid-crustal channel with a magnitude of 107°~10~'3 s~! over a
width of ~250 km. The detailed crustal deformation is shown in
Fig. 7(e). It can be divided into three stages. (1) As the root starts
to founder, flow occurs within the mid-crustal channel toward the
basin centre. This gradually decreases to 0 cm yr~! by 6 Myr. During
this period, the crust beneath the basin centre thickens by ~3 km
(Fig. 4e). It is this crustal thickening that leads to surface uplift,
despite the presence of the dense root. (2) Between 6 and 22 Myr,
the crustal flow stops (0 cm yr~!) and the crustal thickness does not
change. This is associated with a constant surface elevation of 0 km,
despite the active downwelling of the root. (3) As the root detaches
at 22 Myr, the weak mid-crust flows outward from the basin region
and the crust thins to its initial thickness. This corresponds to sur-

face uplift as the dense root is removed, followed by subsidence as
the crust thins.

These dynamics are also reflected in the free-air gravity (Fig.
7b). Initially, a negative gravity anomaly is found above the root. As
the root detaches, the anomaly is rapidly reduced and throughout
the model evolution, the free-air gravity shows little anomaly (<5
m@Gal). This is because the surface topography is close to zero, and
the thickening of the low-density crust is partially balanced by the
presence of the dense root.

3.2.3 Lower-crustal channel (Model C)

Model C examines the effect of a lower-crustal channel. A channel
with a viscosity of 10'® Pa s is placed in the lower 10 km of the crust,
in direct contact with mantle lithosphere. This could occur when the
deep crust is either moderately hot and felsic or very hot and mafic
(Fig. 1d). Other parameters are the same as those in Model A.

Fig. 8 shows that the dense root is removed as a drip that detaches
at ~13 Myr. The earlier detachment time compared to Models A and
B is due to the reduced coupling between the root and weak lower
crust in this model. Similar to Model B, the weak lower-crustal
channel decouples the stress between the mantle root and shal-
low crust. The near-surface stresses above the root are 10°~10° Pa
(Fig. 6d). Deformation localizes in the lower-crust channel, result-
ing in a strain rate greater than ~10~'¢ s~! over a width of 500 km,
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Figure 7. Evolution of Model B, with a weak mid-crustal channel (light grey region in crust). (a) Surface topography. (b) Free-air gravity. (c) Model geometry.
(d) Downward velocity at the base of the drip at x = 0 km. The grey shading denotes when the drip has detached from the lithosphere. (e) Profile of the
horizontal crustal flow velocity at x = 200 km. Dashed lines show the channel boundaries. BDY = boundary.
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with the highest deformation rate (10~°~10~"* s7!) located in a
250 km wide region above the drip. The higher deformation rate in
this model compared to Model B is because the weak channel is in
direct contact with the mobile mantle, and thus experiences greater
shearing (see Section 4).

The evolution of surface topography (Figs 4c and 8a) and crustal
deformation (Figs 4f and 8e) can be divided into three stages. (1)
In the first 3 Myr, the surface uplifts to 0 km. This is accompanied
by flow of the entire weak lower crust towards the root region and
crustal thickening by ~3 km. (2) Between 3 and 13 Myr, crustal
deformation continues, resulting in further crustal thickening and
surface uplift. In the lower-crust channel, the upper part flows out-
ward from the root region, while the lower part still moves toward
the root. At the time of root detachment (13 Myr), the crust has
thickened by nearly 8 km and the surface is ~0.14 km above its
surroundings. (3) After the root detaches, the surface exhibits up-
lift, followed by subsidence as the thickened crust starts to deflate
through outward crustal flow.

The crustal thickening induced by the foundering root also affects
the free-air gravity (Fig. 8b). Over the centre of the root, the gravity
anomaly remains negative throughout the removal process, despite
the surface uplift. This is because crustal thickening causes low-
density crust to displace the mantle and this has a greater effect
on the gravity field than the formation of the topographic high. In
this model, the topography and free-air gravity anomalies above the
root have opposite signs during root removal, whereas they have the
same sign in Models A and B.

Note that after the root detaches, Model C has a thick lithosphere
in the vicinity of the root (Fig. 8c). This is due to the weak lower crust
which allows a greater area of lithosphere to be entrained by the drip;
the velocities profiles show that the mantle lithosphere at the edge of
the basin has a non-zero velocity (Fig. 8¢). In contrast, Models A and
B exhibit lithospheric thinning following drip removal (Figs 3¢ and
7¢). In these models, lower crust is strong enough to resist horizontal
deformation (Figs 3e and 7¢), and this restricts the amount of mantle
lithosphere that is carried laterally.

4 ANALYTICAL CALCULATION OF
CRUSTAL FLOW

Section 3 shows the dynamics of lithosphere removal for end-
member crustal viscosity structures. In Model A, the entire crust is
too strong to deform, and root foundering is accompanied by sur-
face subsidence. In contrast, the presence of a weak crustal layer in
Models B and C allows for crustal deformation and surface uplift
prior to root detachment. In this section, we analyse the origin of
crustal deformation and the varying topographic responses.

4.1 Mid-crustal channel model

We first consider the evolution of Model B, in which root foundering
is accompanied by crustal thickening and a relatively flat topogra-
phy (Fig. 7). This behaviour can be analysed in terms of a pres-
sure/gravitationally driven channel flow within the weak mid-crust
(cf. Kruse et al. 1991). The presence of the dense root initially causes
surface subsidence, which induces low pressures in the overlying
crust relative to the adjacent regions. This triggers flow within the
weak channel toward the low pressure region and leading to crustal
thickening and surface uplift above the root. As shown in Appendix
A, analytic equations can be used to relate the lateral pressure gra-
dient and flow velocities. In this case, the mid-crustal channel is

bounded by strong upper and lower boundaries that cannot be de-
formed laterally. All flow is confined to the weak channel, and the
velocity profile (Fig. 7e) corresponds to that of Poiseuille flow, in
which the flow is symmetric about the centre of the channel and ve-
locity decreases to zero at the upper and lower boundaries (Turcotte
& Schubert 2002). The average flow velocity in the channel (v) is
related to the lateral gradient in surface topography:

hey” N
=T P85
lznch Lbasin

where A, and 5., are the thickness and viscosity of the ductile
channel, p,. is the crustal density, g is the gravitational acceleration,
S is the surface elevation at the basin centre (x = 0 km) and Ly, 18
the half-width of basin. In the coordinate system of our models, a
negative S corresponds to a basin above the root region; at this time,
v is also negative, meaning that the crustal flow is towards the root.

Eq. (1) predicts a linear relationship between the average channel
flow velocity and the surface deflection. Fig. 9(a) shows the evo-
lution of observed surface deflection and average flow velocity at
the basin edge for Model B, as well as the expected relationship
based on eq. (1). The modeling result is in good agreement with the
theoretical prediction, with a root mean square (rms) difference of
0.07 cm yr~!, showing that the observed mid-crustal channel flow
is consistent with a pressure-driven flow.

Eq. (1) also shows that the channel flow ceases when surface is
flat (S = 0). The channel flow can only thicken the crust until it
fully balances the surface subsidence caused by the dense root; it
is impossible to create a topographic high above the dense root.
If channel flow is rapid, the surface can uplift so that there is flat
topography (S = 0) before the root detaches and mid-crustal channel
flow stops. In Model B, this occurs between 6 and 20 Myr (Figs 4b
and 7e).

(M

4.2 Lower-crustal channel

Gravitational lithosphere removal in Model C produces a short-lived
basin at the surface, followed by uplift to a topographic high (Fig. 8).
This is related to lateral flow in the weak lower-crustal channel that
leads to crustal thickening above the dense root. Flow arises from
a combination of pressure-driven Poiseuille flow associated with
topographic variations created by the dense root and Couette flow
created by basal shearing by the underlying mantle, as the channel
is in contact with the mobile mantle (Turcotte & Schubert 2002).
As a result of basal shearing, the velocity at the base of the channel
is not zero, and flow velocities are asymmetric about the centre of
the channel (Fig. 8e). This leads to an average flow velocity in the
channel (v ) of:

hay N 1

127y Pe& Lasin * 2" @
where v, is the horizontal velocity at the lower boundary of the
channel. The first term corresponds to topographically driven flow,
and the second term corresponds to the average Couette flow in the
channel (see Appendix A for details).

For a given basal velocity (vy), this equation predicts a linear
relationship between the surface deflection and average crustal flow
velocity. Fig. 9(b) shows the observed surface deflection and channel
velocity for Model C. The poor linear relationship is due the fact that
the basal velocity of the channel increases over time (Fig. 9¢), as root
detachment is non-linear (¢f Houseman & Molnar 1997). In Fig.
9(d), the component of Poiseuille flow at each time is isolated from
the observations (Fig. 9b) by subtracting half of the lower boundary

V=
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Figure 9. Comparison of observed and theoretical crustal channel flow. (a)

Relationship between the average velocity at x = 200 km in the mid-crust channel

and the surface elevation above the centre of drip. The black line is the modelling result (Model B) and the red line is the theoretical prediction based on the
model parameters (eq. 1). Root mean square (rms) difference is ~0.07 cm yr—!. (b) Relationship between the average velocity at x = 200 km in the lower-crustal
channel and the surface elevation above the centre of the drip. The black line is the modelling result (Model C) and the red line is the theoretical prediction
(eq. 2). In the theoretical prediction, vy is the average horizontal velocity of the lower boundary of the weak channel [red line in (c)]. (¢) The horizontal velocity
of the lower boundary of the weak channel in Model C over time. (d) Relationship between the surface elevation above the drip and the Poiseuille flow in the
channel (black line). This is calculated by subtracting half of the lower boundary velocity [black line in (c)] from the observed average channel velocity [black
line in (b)] at each time. The red line is the theoretical prediction for Poiseuille flow based on the model parameters (eq. 1). The rms difference is ~0.09 cm

yr’l.

velocity at that time (black line in Fig. 9c). With this, there is a clear
linear relationship between the surface deflection and flow velocity
and this agrees well with the expected value from eq. (2) without
the basal velocity (vy) component (rms error of 0.09 cm yr~'). This
demonstrates that the channel flow in the lower crust is driven by
both lateral pressure variations and basal shearing.

With a lower-crustal channel, the surface can form a topographic
high above the foundering root (Fig. 4c). The Poiseuille flow is
driven by the surface deflection, which can only uplift the surface
above the root to its initial elevation (eq. 1). However, the Couette
flow is induced by shear from the descending root, which can lead to
enhanced crustal thickening (Pysklywec & Shahnas 2003). Couette
flow provides the additional force to elevate the topography above
surrounding areas. From eq. (2), the channel will have an average
velocity (v) of 0 when the surface elevation is:

-6 Nch Lbasin

S =
ha’ Peg

Vo (3 )

where the surface deflection (S) has a positive sign because v, is neg-
ative in the coordinate system of our models. A positive S indicates
a topographic high above the root. At this time, the Couette flow
contribution (which is always directed toward the root) is balanced
by the Poiseuille flow that is directed outward from the topographic
high. Eq. (3) therefore shows the maximum elevation that can be
created above the dense root. Once the dense root detaches, vy goes
to zero and the topographic high relaxes (Fig. 4c).

5 PARAMETER VARIATIONS

Models B and C represent end-member cases of a strong crust with
a 10 km thick, extremely weak (viscosity of 10'® Pa s) channel.
As the dense root sinks, channel flow is readily induced within the
weak channel, resulting in rapid crustal thickening and uplift prior
to root detachment. In this section, we examine how variations in the

properties of the root and overlying crust affect the crustal thickness
and topography.

5.1 Root density and channel viscosity

We first vary the channel viscosity and root density. Both mid-
crustal and lower-crustal channels are considered, each with a 10 km
channel thickness. We test a suite of numerical models with crustal
channel viscosities of 10'8—10?! Pa s, and root densities that are 20—
240 kg m~? greater than that of underlying mantle (Table 1). These
ranges are consistent with observations of crustal channel viscosity
(Section 2) and the density of mantle lithosphere materials (e.g. Jull
& Kelemen 2001).

5.1.1 Mid-crustal channel

Fig. 10 shows the model results for a mid-crustal channel. These
plots show the surface elevation above the dense root (z) at the
start of phase 2 (Fig. 10a), the surface elevation at the time of root
detachment (z4) (Fig. 10b), the uplift ratio (defined as |zq4 — zo|/|z0];
an uplift ratio of 100 per cent corresponds to full recovery of the
initial subsidence, Fig. 10c), and the amount of crustal thickening
above the root at the time of root detachment (Fig. 10d).

In all models, the surface is initially a topographic low due to
the presence of the dense root, with greater subsidence for a denser
root (Fig. 10a). As the root founders, the magnitudes of surface
uplift (Figs 10b and c) and crustal thickening (Fig. 10d) depend
on the relative rates of root detachment time and channel flow. In
these models, the detachment time is primarily controlled by the
root density, as the viscosity of the lower crust and mantle are
not varied. A more dense root has an earlier detachment time, and
therefore there is a shorter time for crustal flow. Channel flow also
depends on root density, as well as the channel viscosity; flow rates
increase for both a higher root density, owing to the larger lateral
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Figure 10. Effect of variations in mid-crustal channel viscosity and root
density on: (a) the surface elevation above the centre of the drip (atx = 0 km)
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elevation above the centre of the drip at the time of root detachment (zq),
(c) the surface uplift ratio (|zg—zol/|z0|) and (d) the magnitude of crustal
thickening above the centre of the root at the time of root detachment.

pressure gradient created by the initial subsidence, and a lower
channel viscosity (eq. 1).

Three main surface responses are observed. (1) The surface re-
mains as a topographic low throughout root removal, with an up-
lift ratio of less than 10 per cent. This happens when the chan-
nel viscosity is high (5 x10%° Pa s or greater) and the root

is dense (>100 kg m~3 denser than mantle). The flow veloc-
ity is relatively small in the high-viscosity channel, and the root
detaches fairly rapidly. Therefore, the induced channel flow re-
sults in only minor crustal thickening and surface uplift over the
timescale of root detachment. (2) The basin undergoes nearly 100
per cent uplift prior to root detachment. In this case, the channel
has a low viscosity (<10?° Pa s) and the root is moderately dense
(<120 kg m~3 denser than the mantle). The low viscosity allows
for rapid channel flow that thickens the crust and uplifts the sur-
face over the detachment timescale. (3) Between the above cases,
an intermediate response is observed where there is partial basin
uplift (uplift ratio is between 10 and 100 per cent) before root de-
tachment. The crust thickens in this case, but it is not sufficient
to create full-basin uplift because the crustal flow rate is sluggish
within a high-viscosity channel and/or the root density causes rapid
detachment.

5.1.2 Lower-crustal channel

Fig. 11 shows the model results for a lower-crustal channel. In this
case, the time of root detachment is affected by root density and
lower-crustal viscosity. A denser root and/or weaker lower crust
lead to both faster root removal and more rapid channel flow. Again,
all models start with a topographic low above the root (Fig. 11a).
The later behaviour can be divided into three styles: (1) models
that demonstrate negligible surface uplift as the dense root is re-
moved (uplift ratio < 10 per cent). This occurs in models with a
high channel viscosity (7 x10?° Pa s or greater) and a high root
density (>120 kg m—* denser than mantle). In these models, root
detachment occurs too rapidly for flow within the high-viscosity
channel to significantly thicken the crust. (2) Full uplift of the basin
during root removal (uplift ratio of 100 per cent or greater). The
greatest uplift is observed where the root density is relatively low
(<40 kg m~? greater than mantle density) and the channel viscosity
is 10°—10%° Pa s, and in these cases, the surface above the root
is a topographic high (i.e. positive surface elevation) at the time
of detachment. Here, the root detachment time is long enough to
allow for sufficient channel flow to thicken the crust and create high
topography; at lower viscosities, the root detachment time is too
small and at higher viscosity, the channel flow is too sluggish. (3)
An intermediate case of moderate uplift during root removal (uplift
ratio of 10—100 per cent). The crustal thickening is not sufficient for
full surface uplift before root detachment. This occurs because the
flow velocity is relatively slow in a high-viscosity channel and/or
the root detachment occurs quickly due to a high root density or
low-viscosity lower crust. Note that the viscosity of mantle litho-
sphere is 10?! Pa s in our models. The crustal thickening induced
by the shear stress at the base of crust is more significant when
the viscosity contrast at interface between crust and mantle is small
(Neil & Houseman 1999; Molnar & Houseman 2013, 2015). There-
fore, the crust thickens most when the channel viscosity is ~10%°
(Fig. 11d).

Overall, the magnitude of crustal thickening and syn-removal up-
lift are greater than in mid-crustal channel models. For a lower-crust
channel, a greater range of conditions create 100 per cent uplift. In
addition, a positive surface elevation prior to root detachment only
occurs in the lower-crustal channel models. These differences are
due to the fact that lower-crustal flow is driven by both the crustal
lateral pressure gradient and basal shearing (eq. 2), resulting in more
rapid channel flow; mid-crustal flow is driven only by the pressure
gradient.
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Figure 11. Effect of variations in lower-crustal channel viscosity and root
density on: (a) the surface elevation above the centre of the drip at the start of
phase 2 (zo; negative values indicate subsidence), (b) the surface elevation
above the centre of the drip at the time of root detachment (zq), (c) the
surface uplift ratio (|zg—zo|/|z0]), and (d) the magnitude of crustal thickening
above the centre of the root at the time of root detachment.

5.2 Crustal and channel thickness

We also consider how the surface response to lithosphere removal is
affected if the crust is thinner or the channel is thicker than assumed
in the previous models. First, Models A, B and C are rerun with
a 40 km crust (Table 1), comparable to the average thickness of
continental crust. The channel properties (thickness of 10 km and
viscosity of 10'® Pa s) are identical to those in Models B and C. The
evolution of surface elevation and crustal thickness above the root
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are shown in Fig. 4 (dashed lines). In all cases, the initial surface
subsidence in phase 1 is greater than for the original models, creating
a deeper, narrower basin. This is because with a thinner crust, the
density anomaly is closer to the surface and the thinner crust has
less viscous resistance. However, the later evolution is similar to
the original models. Model A exhibits uplift at the time of root
detachment, and Models B and C exhibit crustal channel flow during
root foundering, resulting in surface uplift prior to detachment. The
surface response and crustal thickening are not strongly affected by
the initial crustal thickness.

We test the effects of channel thickness by introducing a 20 km
thick channel to the mid-crust and lower crust in Models B and C,
respectively (60 km thick crust and channel viscosity of 10'® Pa s);
the lower boundary of the channel is at the same depth as in the orig-
inal models (Table 1). A thicker weak channel may form in regions
with higher heat flow (Fig. 1). Fig. 4 (dash—dotted lines) shows that
the crustal thickness above the root increases more rapidly, resulting
in higher surface uplift rates and earlier basin uplift compared to
models with a 10 km thick channel (solid lines). This is because the
Poiseuille flow velocity increases in a thicker channel (eq. 1). In the
model with a lower-crustal channel, when the surface above the root
becomes a topographic high, outward Poiseuille flow is produced
in the channel, as this region now has high pressure compared to
the adjacent crust. The magnitude of this flow is larger for a thicker
channel. As a result, the maximum elevation (Fig. 4c) and crustal
thickening (Fig. 4f) are reduced relative to those in Model C. This
is consistent with eq. (3) in which the maximum surface elevation is
inversely proportional to the squared channel thickness. Therefore,
a thicker channel limits the growth of high topography.

6 DISCUSSION

6.1 Surface observables of mantle dynamics

Topography on the Earth’s surface reflects the combination of static
effects (i.e. lateral variations in lithosphere density) and dynamical
processes within the lithosphere and underlying mantle (e.g. Braun
2010; Flament et al. 2013). In this study, we have focused on the
temporal evolution of surface topography during gravitational litho-
sphere removal. Removal is initiated by introducing a high-density
block in the mantle lithosphere, which induces a downward stress
on the overlying material. The key result is that the presence of a
weak, low-density crustal layer can significantly modify the surface
expression of removal. If the crust is stronger than the mantle (e.g.
Model A; Fig. 3), the mantle stresses are efficiently transferred to
the surface; there is little to no crustal thickening and removal is
accompanied by surface subsidence. Conversely, if there is a weak
layer within the mid-crust (e.g. Model B; Fig. 7) or lower crust (e.g.
Model C; Fig. 8), mantle stresses induce deformation of this layer,
resulting in crustal thickening and syn-removal uplift of the surface.
These results are compatible with earlier studies that investigate the
dynamics of weak crust above foundering mantle lithosphere (e.g.
Neil & Houseman 1999; Pysklywec & Shahnas 2003; Pysklywec &
Beaumont 2004; Elkins-Tanton 2007; Molnar & Houseman 2013;
Wang et al. 2014; Molnar & Houseman 2015; Wang et al. 2015).
Our models use a purposefully simple layered rheological
structure to demonstrate the time-dependent nature of crustal
deformation during lithosphere removal. The models show that
two factors contribute to the induced crustal deformation. First,
the downwelling mantle creates a low pressure in the overlying
crust, as the presence of the dense root causes an initial surface
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subsidence. The resulting lateral pressure gradient induces
Poiseuille flow within a weak crustal layer, leading to crustal thick-
ening above the area of downwelling. This is similar to crustal
channel flow driven by lateral topographic variations on the Earth’s
surface (e.g. Kruse ef al. 1991; McQuarrie & Chase 2000; Beau-
mont et al. 2001, 2006; Grujic 2006). Second, crustal deformation
arises from shearing of the deep crust by the underlying mantle (e.g.
Pysklywec & Shahnas 2003). This requires that the weak crustal
layer is in contact with the mobile mantle. Shearing creates Couette
flow within the weak channel and allows further thickening of the
crust above the downwelling root.

The magnitude of crustal thickening depends on the location and
properties of the weak crustal channel, as well as the timescale of
lithosphere removal, which is primarily controlled by the density
and viscosity of the dense root in our models. Where the channel is
thick and/or weak, crustal flow may be significant over the timescale
of root removal, resulting in greater crustal thickening and surface
uplift. If the weak channel is in contact with the mobile mantle (e.g.
a lower-crustal layer), deformation is driven by both the lateral pres-
sure gradient and basal shearing, and this can create a topographic
high and a negative free-air gravity anomaly above the foundering
lithosphere. This shows that even though the mantle stresses pro-
duce a negative dynamic topography, the surface elevation can still
be positive. If the weak channel is isolated from the mobile mantle
(e.g. a mid-crustal layer), crustal thickening occurs only through
pressure-driven flow, resulting in a (partial) recovery of the original
surface subsidence, but the mantle stresses do not generate high
topography or a strong gravity anomaly.

‘We note that our models use a simplified approach to demonstrate
the fundamental physical mechanisms for crustal deformation in-
duced by mantle stresses. For example, our models assume the
instantaneous emplacement of a dense lithospheric root, and we fo-
cus on the effects of its gravitational removal. In reality, lithosphere
removal may be induced by a perturbation to the cool, dense mantle
lithosphere (e.g. Houseman ez al. 1981) or by the gradual growth of
a dense assemblage (Wang et al. 2015, and references therein).

In addition, the models assume constant viscosity and density
within each of the layers. Density should vary with temperature,
which will affect the buoyancy forces with the crust and mantle
and the resulting dynamics and topographic deflection. More im-
portantly, laboratory deformation experiments show that crust and
mantle rocks follow a non-Newtonian, temperature-dependent rhe-
ology (e.g. Gleason & Tullis 1995; Ranalli 1995; Mackwell et al.
1998). As a result, the effective viscosity of the crust varies with
temperature, strain rate, and possibly pressure. Studies that consider
a Newtonian crust with a viscosity that decreases with increasing
depth (temperature) show that topographic uplift decreases as the
viscosity variation in the crust increases (Elkins-Tanton 2007; Mol-
nar & Houseman 2015). Only the lowermost crust is able to flow,
which limits the amount of thickening and uplift. The viscosity
ratio at the crust-mantle boundary is important, with the greater
thickening and surface uplift where the crust and mantle viscosi-
ties are similar (Molnar & Houseman 2015). This is likely because
the crust experiences greater shearing by the underlying mantle. A
non-Newtonian rheology may enhance the formation of localized,
weak channels in the crust, but to date there have been no system-
atic studies of lithosphere removal for a non-Newtonian crust. Our
earlier models that include a non-Newtonian rheology demonstrate
that crustal thickening and surface uplift can occur above a region
of lithosphere removal (Wang et al. 2014, 2015).

We also note that our models do not include elastic or frictional
plastic (brittle) rheologies. Elastic or brittle deformation can in-

duce surface deflections at shorter wavelengths (Buiter ez al. 2002;
Burov & Guillou-Frottier 2005; Burov & Cloetingh 2009; Duretz
etal.2012; Cloetingh et al. 2013; Frangois et al. 2013). Models that
include a elastic-viscous-plastic rheology suggest that the integrated
strength becomes laterally variable in the shallow crust (e.g. Burov
& Guillou-Frottier 2005; Burov & Cloetingh 2009). This leads to a
localization of deformation and small-scale surface deflection over
length scales of 1’s—10’s of km. This can be enhanced if brittle fault-
ing occurs in regions of the crust where stresses exceed the brittle
(frictional-plastic) strength. Our earlier models show that the inclu-
sion of frictional-plastic deformation results in the development of
amore localized basin above a downwelling dense root (Wang ef al.
2015).

Finally, our models are based on 2-D plane-strain calculations,
and therefore crust and mantle is confined to the model plane. In 3-D,
the distribution of buoyancy forces may be different than in 2-D; in
particular, the magnitude of stresses and the surface deflection may
be reduced if the dense body is spatially confined. Also, crustal flow
can be entrained from all directions and crustal thickening could be
more rapid than in a plane-strain model. Therefore, in 3-D, surface
uplift may occur under a greater range of conditions than predicted
by our 2-D models (Figs 10 and 11). However, the timescale for
lithosphere removal in 3-D may be somewhat less, which will re-
duce the amount of time for crustal thickening and uplift. There
have been a few studies that address the dimensional effects using
2-D axisymmetric models (e.g. Hoogenboom & Houseman 2006;
Elkins-Tanton 2007) and full 3-D models (e.g. Moresi & Lenardic
1999). These show that downwelling mantle can induce crustal de-
formation and surface uplift, but further work is needed to better
understand the effects of rheological stratification in 3-D.

6.2 Implications for crustal structure

Despite the limitations noted above, our models provide insight into
how mantle-based stresses may induce deformation of the overly-
ing crust. We can use the models to draw some general conclusions
about the conditions under which crustal deformation may be sig-
nificant enough to affect the topographic expression of lithospheric
removal. As an example, we consider removal of a root that is
120 kg m~3 denser than mantle. This density corresponds to a man-
tle lithosphere root that consists of 48 per cent eclogitized rocks
(based on a mafic eclogite density of 3550 kg m—; Christensen &
Mooney 1995). The eclogitized lithosphere roots are proposed to
occur in many metamorphic and/or magmatic environments such
as the Sierra Nevada and central Andean plateau (e.g. Kay & Kay
1993; Ducea 2001; Saleeby et al. 2003, 2012). From Figs 10 (mid-
crustal channel) and 11 (lower-crustal channel), we identify the
critical channel viscosities needed for an uplift ratio of < 10 per
cent (surface remains as a topographic low), an uplift ratio of 10—
100 per cent (partial uplift) and an uplift ratio > 100 per cent (full
uplift to a topographic high). These viscosities can be compared
to the expected viscosities for different crustal compositions (Fig.
12a). As crustal viscosity decreases with increasing temperature,
we can then infer the general thermal conditions that allow different
surface deflections. We use strain rate of 10~'# and 107'° s~' for
viscosity profiles in Fig. 12(a); the higher strain rate is comparable
to that in the weak channel in the numerical models (Fig. 6) and the
lower strain rate is shown for comparison.

For the mid-crustal channel, the removal of a dense root causes
subsidence (with less than 10 per cent syn-drip uplift) if the channel
viscosity is higher than 7 x 10% Pa s (Fig. 10). This suggests that
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Figure 12. (a) Variation in effective viscosity of different crustal compositions with temperature, based on laboratory-derived rheological parameters of dry
granite (Ranalli 1995; red lines), hydrated mafic granulite (Wang et al. 2012; yellow lines) and dry Maryland diabase (Mackwell ef al. 1998; blue lines). These
cover a reasonable range of crustal compositions. Calculations use a strain rate of 10~'# s=! (solid lines) and 1071 s=! (dashed lines). The higher strain rate is
comparable to the strain rate in the weak crustal channel in our numerical models. Horizontal dashed lines are the predicted surface uplift ratios for mid-crust
channel models (green lines) and lower-crust channel models (blue lines), derived from Figs 10 and 11 for a root density excess of 120 kg m~3. (b) Schematic
plots of crustal flow and surface deflection during gravitational lithosphere removal for different uplift ratios for a mid-crustal channel (left) and lower-crustal
channel (right). The weak channel is shown in yellow; strong crust is purple. P = Poiseuille flow and C = Couette flow.
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if the mid-crust is dry and felsic or wet and mafic, mid-crustal
temperatures should be less than ~400-500 °C at a strain rate of
10~ s~ (Fig. 12a); temperatures could be higher for a dry and
mafic mid-crust or one that deforms at a lower strain rate. On the
other hand, a mid-crustal channel with a viscosity between 10'® Pas
and 7 x 102 will allow partial surface uplift during root removal
(10-100 per cent uplift ratio). This occurs for temperatures greater
than ~400-500 °C for a dry and felsic or wet and mafic mid-
crust. Note that the formation of a mid-crustal channel also requires
that the lower crust is too strong to deform (viscosity greater than
10%! Pa s). Assuming a strain rate of 107'® s=!, this corresponds to
lower-crustal temperatures less than ~750 °C if the lower crust is
wet and mafic. Higher lower-crustal temperatures are possible for a
dry, mafic composition or if the strain rate is lower. For a full-surface
uplift (100 per cent uplift ratio), the mid-crust viscosity needs to be
less than 10'® Pa s, which is unlikely for the crustal compositions
shown in Fig. 12(a).

For a lower-crust channel which is in contact with the mobile
mantle, syn-drip subsidence (uplift less than 10 per cent) requires
a lower-crustal viscosity greater than ~8 x 10% Pa s (Fig. 11).
For a strain rate of 10~'# s™!, this corresponds to temperatures less
than ~900 °C for a dry and mafic composition or ~400-500 °C for
lower crust that is dry and felsic or wet and mafic (Fig. 12a). On the
other hand, significant lower-crustal flow, leading to the formation
of a topographic high (uplift greater than 100 per cent) occurs if the
lower-crustal viscosity is less than ~2 x 10'° Pass. This corresponds
to lower-crustal temperatures greater than 800—1000 °C for dry and
felsic or wet and mafic compositions with a strain rate of ~10~14 s~
At intermediate viscosities and temperatures, lithosphere removal
will be accompanied by partial (10—-100 per cent) surface uplift.

6.3 Examples of intraplate deformation induced by
lithosphere removal

We now extend our model predictions to regions where crustal
deformation and/or surface deflection have been proposed to be as-
sociated with gravitational lithosphere removal. The analysis above
shows that temperature and composition affect the vertical rheolog-
ical structure of the crust, and in particular, a hot crust is susceptible
to contraction and thickening by mantle stresses from below. This
can occur both within the interior of continental plates or in re-
gions that are close to an active plate boundary. Examples of crustal
deformation that have been linked to lithospheric removal include
the Isan orogen in Australia (Pysklywec & Beaumont 2004) and
the Arizaro basin the central Andes (DeCelles et al. 2015; Wang
et al. 2015). Another example is the Wallowa Mountains in north-
ern Oregon (Fig. 13a). This area experienced ~200 m of subsidence
from 12 to 10 Ma, and then the surface began to uplift, initially at
a relatively low rate (~0.3 km Myr~!) and more rapidly after 6 Ma
(~0.6 km Myr~!, Hales et al. 2005, Fig. 13b). The region reached
its present elevation of ~2 km at 3—4 Ma, and it currently appears
as a ‘bull’s eye’ shaped highland (Fig. 13a). Seismic studies show
that present-day crust here is 1015 km thicker than the average
crustal thickness (3040 km) in the surrounding areas (e.g. Gao
etal. 2011).

This surface uplift history is proposed to be related to the removal
of a dense magmatic root (Hales et al. 2005; Darold & Humphreys
2013). The two stages of surface uplift and the localized thickened
crust in the Wallowa Mountains are consistent with crustal defor-
mation during root removal. Our results suggest the initial slow
uplift is likely caused by the crustal flow and thickening during root

destabilization, and the latter period of rapid uplift corresponds to
detachment of the root. If this is correct, it requires that the flow
must have occurred in the lower crust, in order to create a topo-
graphic high during the root removal phase. At present, the regional
heat flow in this area is relatively high (70-80 mW m~2; Blackwell
et al. 2011), which suggests temperatures of ~700-1000 °C in the
lower 10 km thick crust (Fig. 13¢). By comparison with Fig. 12(a),
we conclude that in order to create a topographic high during re-
moval, the lower crust in the Wallowa Mountains probably has wet
and mafic composition, making it susceptible to deformation.

In contrast, if the crust is cold and strong, mantle downwelling
may induce prolonged surface subsidence and little internal crustal
deformation. Many sedimentary basins are found in the cool interior
regions of continents, and the evolution of such intracratonic basins
is complex, with several episodes of subsidence. In some areas,
the subsidence events are related to lithosphere extension, thermal
subsidence and crustal buckling/folding (e.g. Lambeck 1983; Burg
& Podladchikov 1999; Cloetingh et al. 2002; Schmalholz et al.
2002). In other basins, the subsidence mechanism is less clear,
and some intracratonic basins have been linked to processes that
originate in the mantle (e.g. Naimark & Ismail-Zadeh 1995). For
example, the Congo basin in Africa formed by lithosphere extension
in Latest Precambrian (Daly & Lawrence 1991). However, its later
evolution is enigmatic as subsidence has continued for over 0.5
Ga (Crosby et al. 2010). Seismic tomography and free-air gravity
data suggest the long subsidence history of the Congo basin in
Africamay be related to downwelling mantle stresses. These stresses
have been proposed to be caused by the presence of a high-density
anomaly in deep lithosphere (Downey & Gurnis 2009) and/or the
return (downward) flow of upwelling mantle at the flanks of the basin
keel (Crosby et al. 2010). At present, the Congo basin remains as
a topographic low and has no obvious thickened crust (Tedla ef al.
2011), indicating that there has been little crustal deformation. This
is consistent with the general thermal structure of this area, where
low heat flow and seismic data indicate a cool, thick lithosphere
(Sebagenzi et al. 1993). Without other tectonic processes, uplift in
intracratonic basins may only occur once the downwelling mantle
stresses are removed.

7 CONCLUSIONS

In this study, we have investigated the evolution of crustal deforma-
tion caused by stresses that originate in the mantle. In our models, a
dense root is placed in mantle lithosphere and the models track how
its gravitational removal affects the overlying crust. The models
show that the process induces three main stresses on the crust: (1)
a vertical normal stress owing to the negative buoyancy of the root,
(2) alateral pressure gradient that arises from the topographic varia-
tions created by the dense root and (3) a basal horizontal shear stress
associated with the dynamical removal of the root. The first stress
causes surface subsidence, while the latter two act to deform and
thicken the crust, producing surface uplift. The overall topographic
expression depends on the relative magnitude of these stresses
(Fig. 12):

(1) If the crust is strong enough to resist deformation, the topo-
graphic expression directly reflects root dynamics (stress 1). Root
removal creates surface subsidence, followed by uplift after the
root detaches. During the whole process, the free-air gravity has a
negative anomaly, mirroring the surface topography profile.

(2) If the crust contains a weak channel between two strong lay-
ers, the dense root can induce Poiseuille flow within the channel
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Figure 13. (a) Present-day surface topography in the Wallowa Mountains region (ETOPO1; Amante & Eakins 2009). CB = Columbia Basin; SRP = Snake
River Plain; WA = Washington; OR = Oregon; ID = Idaho and MT = Montana. Insert map of North America shows the location of the Wallowa Mountains
region. (b) Evolution of surface elevation (after Hales ef al. 2005). (c) Geotherms for a 40 km crust for different surface heat flows (g, in mW m~?2). The

thermal parameters are the same as those used for the geotherms in Fig. 1(b).

owing to lateral pressure variations (stress 2). This leads to crustal
thickening and surface uplift while the root is undergoing removal
(Fig. 12b). The maximum amount of uplift corresponds to the ele-
vation of the adjacent regions that have no dense root. The free-air
gravity has a minor anomaly in this case.

(3) If the lower crust is weak and is in direct contact with down-
welling mantle, crustal deformation can occur due to both lateral
pressure variations (stress 2) and basal shearing (stress 3). The crust
thickens through a combination of Poiseuille and Couette flows (Fig.
12b). The basal shearing can overthicken the crust, creating a to-
pographic high during root removal. Owing to the overthickened
crust, free-air gravity anomaly remains negative even after the sur-
face uplifts to a topographic high. In this case, surface uplift occurs,
in spite of the negative dynamic topography caused by the down-
welling mantle.

A strong crust may be found in areas of low heat flow. A mid-
crustal channel may occur in warm, thick crust, in which the upper-
mid crust has a rheologically weak composition (e.g. granite) and
the lower crust has a strong mafic composition (e.g. dry diabase).
A weak lower-crustal channel may be created if the deep crust is
hot and has a felsic to intermediate composition. A weak lower
crust may also occur in areas with an enhanced concentration of
radioactive elements, crustal hydration and partial melting (e.g.
Pysklywec & Beaumont 2004).

Our models demonstrate that under the same mantle-based stress,
the resulting crustal thickness, surface topography and free-air grav-
ity anomaly have different expressions depending on the crustal
viscosity structure. This may explain the range of surface deflec-
tions observed above areas where lithospheric foundering has been
proposed.
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APPENDIX A: ANALYSIS OF CRUSTAL
CHANNEL FLOW

The numerical models in this study show that lateral crustal flow
can be induced by gravitational lithosphere removal (Figs 7 and
8). Here, we use a theoretical analysis to demonstrate the origin
for crustal flow. In the analysis, the crust and mantle have constant
densities and constant viscosities, as in the numerical models. This
allows for a simplified treatment of the relationship between of root
foundering and deformation of the crustal channel.

A1l Mid-crustal channel

We first consider a ductile channel in the mid-crust (Fig. Ala). The
upper and lower crusts are assumed to be too strong to be deformed
internally. The presence of the dense root in the mantle lithosphere
induces a vertical normal stress on the lithosphere, generating an
initial downward surface deflection above the root. This creates a
topographic gradient at the surface and leads to a horizontal pressure
gradient within the crust. Here, the pressure gradient refers to a
lateral difference in the lithostatic pressure profile between two
regions that have different surface elevations (Grujic 2006). As a
result, areas of low elevation have a lower pressure. If the crust is
sufficiently weak, the crust will flow toward the low pressure region,
in order to reduce the pressure gradient (e.g. Bird 1991; Kruse et al.
1991; Grujic 2006).

(a)

L flow
L
P S T s R ——
N

Strong crust \nv\Ahl ’sgb
g Channel P € P Ih
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(not to scale)

For a mid-crustal channel, the channel deforms through Poiseuille
flow, and the average channel velocity v can be expressed as (Tur-
cotte & Schubert 2002):

hen? dP

YT T2y dx

(A1)

where 1., and &, are the viscosity and thickness of channel, re-
spectively, and % is the horizontal pressure gradient. The negative
sign is due to the fact that the velocity is in the direction of de-
creasing pressure gradient. In the coordinate system of our models,
a negative velocity means materials are moving towards the left
model boundary (x = 0 km); this is consistent with this region be-
ing an area of low topography, and thus low pressure, at the start of
phase 2 of the models.

In our models, the horizontal pressure gradient arises from the
surface topographic deflection caused by the presence of the high-
density root. Following Kruse et al. (1991), the initial pressure
gradient can be written as:

dpP ~ _pchsub

— A2
dx L basin ( )

where p. is the crustal density, g is the gravitational acceleration
and Sy, is surface deflection (Sy,, < 0 km corresponds to lower to-
pography at x = 0 km compared to regions to the right). Ly, 1s the
half-width of the basin (Fig. Ala). In our models, Ly, is approx-
imately half of the horizontal length of the region that undergoes
crustal flow, Laow (Loasin & 0.5 X Lgow). In Fig. 9, Lissin = 150 km is
used for Models B and C.

The pressure gradient drives flow toward the area above the dense
root, resulting in crustal thickening above the root. If the crust here
thickens by A#, then according to Airy isostatic compensation, the
surface will uplift by ®Akh (where ® = (p,, — p.)/ Pm > and py, 18
the mantle density) and the lower boundary of the crust (the Moho)
will be pushed downward by (1 — ®)A% , due to the weight of
the thickened crust (Kruse et al. 1991; Turcotte & Schubert 2002).
Thus, the surface topography that drives channel flow depends on

(b)

Strong crust

(not to scale)

Figure Al. Schematic diagram illustrating the crustal deformation during gravitational removal of a dense root (black block). (a) For a weak mid-crustal
channel (thickness /p,), bounded by strong upper crust and lower crust, Poiseuille flow (P) is induced in the channel. (b) For a weak lower-crustal channel
(thickness /p), which is directly coupled with the mantle lithosphere (ML), deformation consists of both Poiseuille flow (P) and Couette flow (C). Sgyp is the
initial surface elevation at x = 0 km caused by isostatic and dynamic stresses from the dense root (shown with dashed lines); S is surface deflection after the
onset of channel flow; A# is the amount of crustal thickening due to channel flow; ® = (p,, — pc)/pm , Where p,, is mantle density and p. is crust density.
The dotted lines show the surface elevation and lower boundary of the channel outside the area of deformation. Lpgsin 1s the half-width of basin. Laey is the
horizontal length of crustal flow in channel. See the text for details.
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both the dense root and the induced crustal thickening, with a total
surface deflection above the root of:

S = Sap + PAA (A3)

The pressure gradient in the channel can then be written as:

P pgS
dx Lbasin '

(A4)

Combining eqs (A1) and (A4), the average velocity of channel
flow is:

~ hch2 S
12nch pchbasin '
This equation predicts the average velocity of channel flow within
a mid-crustal channel (i.e. one bounded by strong layers) due to a
topographic deflection of S. Note that in the coordinate system of

our models, when there is a topographic low above the root, S is
negative and the channel flow is directed toward the root.

<

(A5)

A2 Lower-crustal channel

If the weak channel is located in the lower crust, we assume its
upper boundary (upper-mid crust) is strong and cannot be deformed
laterally (Fig. A1b). The lower boundary is directly attached to the
mantle and can be sheared as the dense root is removed. Therefore,
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the channel has zero velocity on its upper boundary, but a non-zero
velocity on its lower boundary.

As the dense root founders, it entrains the adjacent mantle litho-
sphere, causing shear along the base of the channel towards the
dense root. The relative motion between the upper and lower chan-
nel boundaries induces Couette flow in the channel, with an average
velocity of (Turcotte & Schubert 2002):

1

b= (A6)

where vy is the horizontal velocity of the lower boundary.

In addition to Couette flow, the channel experiences Poiseuille
flow associated with the lateral pressure gradient induced by the
surface topography variations, as discussed above. Therefore, the
net velocity of the lower-crustal channel is the sum of eqs (A5) and
(A6):

2
p o pgS 1 (A7)
12nchLbasin 2

In this case, the channel flow velocity is driven by both the topo-
graphic gradient and shear on the lower boundary of the channel.
In the coordinate system of our models, the centre root is located at
x = 0 km, and the basal shear is in the negative x-direction, meaning
that the second term is always negative. The pressure-driven flow
(first term) will be in the positive or negative x-direction, depending
on whether the region above the root centre is a topographic high
(positive S) or low (negative S), respectively.
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