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ABSTRACT 

We describe a new numerical model designed to study the interactions between hydrodynamics and 
thermodynamics in the upper ocean. The model incorporates both primitive equation dynamics and a 
parameterization of mixed layer physics. There is a consistent treatment of mixed layer structure for all 
physical processes. 

In order to study interplay between dynamics and mixed layer physics in the equatorial ocean, we carried 
out a series of numerical experiments with simple patterns of wind stress and surface heating. In some cases 
stratification and/or mixed layer physics were suppressed. On the basis of these experiments we reached the 
following conclusions: 

The vertical circulation at the equator is so vigorous that surface heating is essential if stratification is to 
be maintained for periods longer than a few months. Without stratification to inhibit mixed layer deepening 
momentum will be mixed uniformly to the main thermocline and the equatorial undercurrent will disappear. 

Vertical transfers of momentum due to vertical advection and mixed layer entrainment are essential 
features of equatorial dynamics. These processes influence currents, SST and upwelling rates more than 
changes in sea surface elevation. Consequently, the overall mass field adjustments of equatorial oceans are 
more nearly linear than are the currents or SST variations. 

The connection between changes in SST and dynamical quantities such as sea surface topography need 
not be straightforward. For example, increased upwelling will make the mixed layer shallower but will not 
reduce SST unless it induces increased entrainment of colder water. The influences of upwelling and down­
welling on SST are highly asymmetric so that the infl\lence of perturbations cannot be predicted without 
considering the mean vertical velocity. 

The asymmetry in the interaction between vertical velocity and mixed layer physics can result in the 
formation of surface fronts. On the upwelling side of a w = 0 line the surface layer is cold and shallow while 
on the downwelling side it is warm and deep. Differential advection creates a temperature discontinuity at 
the depth discontinuity. It is suggested that the Galapagos Front has this character. 

1. Introduction 

Over much of the world's oceans the sea surface 
temperature (SST) response to atmospheric forcing 
is determined principally by local thermodynamic 
processes and turbulent mixing processes. The two 
taken together constitute the physics of the mixed 
layer and one-dimensional models have often suc­
cessfully simulated the evolution of SST at various 
ocean weather ships (e.g., Denman and Miyake, 
1973; Thompson, 1976). However, in many instances 
ocean dynamics exert an important influence on SST; 
notably under severe storms, in western boundary 
currents, in coastal upwelling zones, and along the 
equator. A disproportionate share of the heat ex­
change with the atmosphere seems to result from 
these situations where dynamics drives the ocean 
away from thermal equilibrium. In fact, it is the 
premise of such studies as Busalacchi and O'Brien 
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(1981) that in EI Nino events SST anomalies are so 
strongly divorced from I-dimensional physics that it 
is more advantageous to study the dynamics of a sin­
gle-layer reduced-gravity model. 

Of course, the procedure of relating SST changes 
to thickness changes in the single-layer model is na­
ive, and SST and depth of a reduced-gravity layer 
need not be at all correlated. But in fact, the results 
of Busalacchi and O'Brien seem quite plausible, and 
are corroborated to some extent by the work of Phi­
lander and Pacanowski (1980) and Semtner and Hol­
land (1980), with full ocean general circulation mod­
els. The reason that the reduced-gravity models ap­
pear successful is that there does tend to be a 
correlation between upwelling and cooling of the sur­
face waters. As will be seen here, however, this cor­
relation is not exact, and is modified by many inter­
esting and spatially varying phenomena, which can 
delay the SST response or mask it entirely. 
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To begin to get an appreciation for the way in 
which the SST behaves in the presence of upwelling 
and other ocean dynamics, we have returned to the 
structure and physics associated with the turbulent 
well-mixed surface layer, but with the addition of 
primitive equation ocean dynamics to evaluate the 
flow in the upper ocean. We have constructed a model 
which treats the upper ocean as two layers which lie 
atop an infinitely deep abyss. The top layer is viewed 
as the turb).dent, well-mixed layer with vertically uni­
form temperature and currents. The second layer is 
linearly stratified, and represents the remainder of the 
ocean above the main thermocline. It is the layer 
from which water is entrained into the mixed layer, 
so that prediction of its thermal structure is a nec­
essary part of the attempt to accurately simulate the 
change in SST by entrainment. Entrainment is pre­
dicted by Kraus-Turner (1967) energetics, as modi­
fied by many subsequent investigators. 

It will be necessary throughout this paper to make 
a clear distinction between the terms "upwelling" and 
"entrainment." The surface describing the base of the 
mixed layer is not a material surface, and therefore 
allows a mass flux across it. This flux is defined as 
entrainment (if upwards) or detrainment. But since 
this surface is not at a constant depth in space nor 
time, the entrainment is not a vertical velocity. Ver­
tical motion of water relative to a geo-centric coor­
dinate system is termed upwelling (or downwelling). 
With the mixed layer treated as vertically homoge­
neous and ignoring horizontal or surface fluxes, only 
entrainment (not upwelling nor detrainment) changes 
SST. Upwelling can make entrainment far more 
likely or effective, but until colder water enters the 
turbulent surface layer through entrainment, it can 
have no influence on the SST. 

It is precisely this distinction between entrainment 
and upwelling which will lead to different conclusions 
than those arrived at by studying reduced-gravity 
models such as Cane's (1979) or Busalacchi and 
O'Brien's (1981). There is a difference between these 
two models which applies to this study as well: there 
is a real distinction to be made between models which 
have the stress uniformly distributed over the layer, 
as in Busalacchi and O'Brien, and those which dis­
tribute the stress over only a portion of the layer 
(Cane). In the present model the primitive equations 
are used to predict the velocities in each of the two 
layers, and the stress is applied only to the well-mixed 
layer. Ifthe two layers have identical. buoyancies, the 
model is quite similar to Cane's. 

The distinguishing feature of our model is the treat­
ment of the mixed layer as a layer for both dynamics 
and thermodynamics. This representation is usual in 

. one dimensional models of mixed layer physics, but 
it has been less often used in models that include 
dynamical processes as well. Typically, models that. 
include both dynamic and thermodynamic processes 

have been level models that either take no particular 
account of the mixed layer or simulate its physics 
simply by an enhanced eddy viscosity. (At best, the 
viscosity depends on the Richardson number, e.g., 
Pacanowski and Philander, 1981). Recently, a num­
ber of models have combined slab mixed layer physics 
with a level model for dynamics (Adamec et al., 
1981). Briefly, quantities are mixed from the surface 
down to a mixed layer depth hm determined by the 
parameterization of mixed layer physics. The depth 
hm usually will fall in between two model levels, forc­
ing a jump in properties within a level. The dynamics 
continue to treat the level as a single unit. 

There are two objections to such a scheme. First, 
it is inefficient. Either the near surface resolution is 
inadequate or there will usually be a number of levels 
within the mixed layer-each level repeats the same 
values of the variables and the same calculation of 
advective terms. Second, such a procedure is inher­
ently inconsistent: the parameterization of mixed 
layer physics requires a discontinuity at hm while the 
numerical treatment of the dynamics implicitly as­
sumes continuous variations in the vertical. In view 
of the coarseness of the vertical grid, the changes at 
the base of the mixed layer are properly modeled as 
discontinuous. We use this representation consis­
tently for both dynamics and thermodynamics. 

This model structure is similar to that in Price 
(1981). Its principal difference lies in the treatment 
of the entrainment equation and the thermal struc­
ture below the mixed layer. Specifically, there is no 
provision for detrainment allowed in Price's model. 
While this was sufficient for a study of the hurricane 
response, it would prove unacceptable in the long­
term integrations envisioned here. Pollard (1982) has 
constructed a model along similar lines, except that 
each layer has a temporally and spatially constant 
density, uninfluenced by the water temperature. Thus 
there is no feedback between the thermal processes 
and dynamics. 

Given the present understanding of mixed layer 
physics, the representation we use for the mixed layer 
seems optimal and will be maintained in all envi­
sioned versions of the model. The additional simpli­
fications of vertical structure specific to the present 
version restrict the class of phenomena that the model 
is suited to investigate. We use the simplest vertical 
structure that will allow us to investigate the inter­
action of dynamics and thermodynamics in the upper 
portion of the tropical ocean. Not surprisingly our 
model turns out to be an extension of the model of 
Cane (1979) to include thermal processes. That 
model anticipated the essential results of more elab­
orate numerical models (e.g., compare Cane with 
Philander and Pacanowski, 1980). 

The model is set forth in Sections 2 and 3. To 
examine the implications of these modeling choices 
and to initiate studies of equatorial SST changes, we 
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have run the model in an equatorial box and ex­
amined the response to the sudden onset of easterly 
and southerly winds, reported in Section 4. Some of 
the implications of our results are considered in Sec­
tion 5. 

2. Model description-Physics 

a. Generalized coordinates 

The model solves reduced-gravity primitive equa­
tions for the upper few hundred meters of the ocean. 
It proves convenient to replace the usual vertical co­
ordinate z by a generalized vertical coordinate-s 
= s(X, (J, z, t). We define 

h(X, (J, s, t) = az/as, (2.1) 

with z = 0 at s = o. 
The vertical motion relative to z is replaced by that 

relative to s: let We be the volume flux per unit area 
across surfaces of constant s. Then 

We = hds/dt = W - az/at + u· V z, (2.2) 

where it is understood that all temporal and hori­
zontal spatial derivatives are to be taken with s held 
constant, and where W is the vertical motion in the 
z-system. 

After making the Boussinesq approximation, the 
governing equations for evolution of momentum, 
heat and mass are (Kasahara, 1974): 

a(ahV} + V· (VhV) + a(weV } - [f + u/(a tan(J}]k 
t as 

aT x hV = -h{Vp + bVz} + as + hFH(V}, (2.3) 

a(hT} V VhT} a(weT ) at + . ( + ----as-
= -aQ _ aDv + hD (T) (2.4) 

as as H, 

ah + V • (hV) + aWe = 0 at as' (2.5) 

where F H(V} is a horizontal mixing of momentum, 
DH(T} is a horizontal diffusion operator, Q is an up­
ward flux of heat (divided by pcp), and Dv is an upward 
diffusive flux. The hydrostatic relation is 

ap = bh 
as ' 

(2.6) 

where b is the buoyancy, calculated with only a linear 
thermal expansion: 

b = b(T} = ga(T - Tr }, (2.7) 

with a constant and Tr a reference temperature. It 
remains to specify an equation for We; this process 
is discussed below in Section 2.4. 

b. Vertical structure 

The vertical structure of the model is chosen to 
efficiently represent the important features ofthe up­
per ocean-the surface mixed layer and seasonal ther­
mocline. Two layers are retained: a surface mixed 
layer, homogeneous in temperature (TI ) and velocity 
(Vd with a thickness hI. The second layer, of thick­
ness h2 , has a velocity V 2, and is linearly stratified in 
the vertical, with a depth-averaged temperature T2 
and a temperature Tb at its base, as shown in Fig. 1. 
The deep water beneath these layers has temperature 
T" sustains no baroclinic pressure gradients and is 
motionless. This simplification to a reduced gravity 
model is a common one (cf. Cane, 1979, and refer­
ences therein) and is appropriate for studies of short 
timescale (several years or less) variations in the upper 
ocean. 

As in other slab models of mixed layer physics (e.g., 
Niiler and Kraus, 1977) we assume: 

1) The influence of the turbulent stresses generated 
within the mixed layer is confined to the mixed layer. 

2) Temperature, salinity and buoyancy are verti­
cally uniform within the mixed layer. 

3) Horizontal velocity is vertically uniform within 
the mixed layer. 

4) The changes in temperature and velocity at the 
base of the mixed layer take place in such a narrow 
region in the vertical that they may be modeled as 
discontinuous. 

Assumptions (1), (2) and (4) are strongly supported 
by observations. While there is some evidence of sig­
nificant velocity shear within the mixed layer (e.g., 
Davis et al., 1981; Halpern, 1980), this shear is typ­
ically small compared to the velocity difference be-

MODEL STRUCTURE 
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FIG. 1. Vertical structure of temperature and velocity assumed 
in the model equations. Tk> hk and Vk vary with time, latitude and 
longitude. 
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tween the mixed layer and the ocean immc~diately 
below it, making assumption (3) reasonable. The 
model treats the vertical structure consistently, using 
the same assumptions for prediction of horizontal 
dynamics, entrainment prediction and for evaluating 
vertical fluxes of heat and momentum. 

The coordinate surfaces are chosen so that 

z(s = 0) = 0 1 
z(s = -1) = - h, , 

Z(S = -2) = -hi - h2 

where h, is the depth ofthe mixed layer and h2 is the 
thickness of the second layer. The scale factor h is 
taken to be constant within a layer (i.e., h(s) == hk for 
-(k + 1) < s < -k), and is therefore synonymous 
with layer thickness. 

Since the ocean surface and the main thermocline 
are material surfaces w.,(s = 0) = w.,(s = -2) = 0; 
w.,(s'; -1) is the rate of entrainment into the mixed 
layer and therefore is determined by the parameter­
ization we choose for mixed layer physics. Hereafter 
when we write We without an explicit argument it will 
be understood to be w.,(-I). 

To aid in the description of the second layer strat­
ification, we define r: 

r = aT = h aT = T - T 
as az e b, 

(2.8) 

where 

Te = lim :ns) = T2 + !:2 ' 
sT-' 

(2.9a) 

Tb = lim :ns) = T2 - !:2 . 
sl-2 

(2.9b) 

The continuous description of temperature within the 
second layer is thus 

T = TiA, 0) ~ (s + ~)r(A' 0), 

-2<s<-1. (2.10) 

The representation of vertical structure in a two 
layer model is necessarily crude. The extra degree of 
freedom (r) for the second layer temperature permits 
a much better approximation to the stratification at 
the base of the mixed layer, a critical parameter for 
entrainment. 

c. Model equations 

Equations for V ko hko Tko (k = 1, 2) are derived 
from (2.5), (2.3) and (2.4) by integrating each equa­
tion over layer k: 

( f-k+' ) 
i.e., -k [ ]ds . 

The results are 

a(h,V,) [u, ] + V·(h,V,V,) + f + --0 k X h,V, 
at a tan 

= TO - T, - h,[ V(b,h, + b2h2) - h,V ~'J 
+ h,FH(V,) + we{H(we)V2 + H(-we)Vd, (2.11) 

a(h,) at + V· (h,V,) = We, (2.12) 

-:- we{H(we)V2 + H(-we)Vd, (2.14) 

a(h2 ) at + V·(h2V2) = -We, (2.15) 

a(h2T2 ) 
at + V· (h2V 2T2) = Q2 + D, + h2DH(T2) 

- we{H(we)Te + H(-we)Td. (2.16) 

H is the Heaviside step function H(x) = 1 if x > 0, 
H(x) = 0 if x < 0; Qk is the diabatic heating in layer 
k; Tk (Dk ) is the stress (diffusion) between layer k and 
layer k + 1 with TO the surface wind stress. rb is the 
linear gradient in buoyancy in the second layer (rb 
= gar). The terms in braces reflect the discontinuity 
at the base of the mixed layer; in (2.11) for example, 
this term shows that when the mixed layer is deep­
ening (we> 0) it acquires fluid with momentum V 2 ; 

when it becomes shallower (we < 0) it loses fluid with 
momentum V,. The model thus uses upstream dif­
ferencing in the vertical. According to (2.11)-(2.16) 
mixed layer processes (we +- 0) conserve momentum, 
mass and heat (but not energy; see below). 

The temperature at the base of the second layer is 
predicted from (2.4) evaluated at lims! -2: 

a(h2Tb)/at + V· (h2V 2Tb) + WeTb 

= h2D H (Tb) + Db. (2.17) 

In (2.17) Tb is uninfluenced by mixed layer processes, 
except during some detrainment episodes (the role 
of We in (2.17) is to balance ah2/at + V • [h2 V 2]). The 
linear stratification does not allow enough degrees of 
freedom to represent the complex thermal structure 
left behind in the second layer after detrainment. If 
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the adjustment to a linear profile (cf. 2.10) results in 
static instability (Te > T I ) then Tb is increased by 
vertical diffusion (term Db) just enough to restore sta­
bility. (Otherwise, Db = 0). 

Our treatment of entrainment and detrainment 
does not falsify the mixed layer depth or temperature. 
It conserves heat and momentum but not energy. The 
energy changes are 

_I I{(V I - V2f h (b l - be)} 
We 2 + I 2 ' 

for 
We> 0, (2.18a) 

for 
We < O. (2.18b) 

In the case of entrainment (we> 0) there is a kinetic 
energy loss related to the velocity shear at the base 
of the mixed layer and a potential energy gain as more 
buoyant fluid is mixed downward. These changes are 
fully accounted for in the energy balance equations 
used to predict entrainment (cf. Eq. 2.21 below). In 
fact, a number of mixed layer parameterizations are 
based on the idea that the potential energy increase 
associated with entrainment results from the turbu­
lent motions produced by the conversion of mean 
flow kinetic energy in the shear zone at the base of 
the mixed layer (e.g., Pollard et al., 1973). In the case 
of detrainment (we < 0) the energy losses result from 
the artificial mixing of buoyancy and momentum 
required to restore linear stratification in the second 
layer and to keep but a single velocity variable for the 
second layer. Inclusion of the traditional form ofver­
tical diffusion would have the same effect. 

d. Entrainment rate 

In order to close the set of equations we must de­
termine the rate of entrainment into the surface 
mixed layer. Three possible choices are allowed: 

I) A conventional layer model: 

We = 0 (2.19) 

2) A constant depth surface mixed layer: 

We = V· (hIVI) (2.20) 

so that aht/at = O. With this choice the model may 
be stratified as described above or unstratified (TI 
= T2 ; r = 0). 

3) A parameterization of the physics of the wind­
mixed layer based on the bulk turbulent kinetic en­
ergy budget. This is essentially the Kraus and Turner 
(1967) model, with modifications suggested by a 
number of subsequent investigators (see Niiler and 
Kraus, 1977 and Garwood 1979 for reviews). In using 

this parameterization we are implicitly assuming that 
it is not altered by interaction with large scale dy­
namics. 

Niiler and Kraus give a detailed discussion of en­
ergy budget models for mixed layer deepening. Their 
equation (10.30) is applied here, with the addition of 
a background dissipation term (Kim, 1976): 

weH(we){hl(bl - be) + q2 - me1 LlV 12} 

= 2msu*3 - 2Eohl + hlBo[l - mbH(Bo)] + BI(h). 

(2.21 ) 

Here u* is the surface friction velocity, Bo the sur­
face buoyancy flux and BI is the rate of potential 
energy generation due to penetrating radiation. Here 
q2 is the turbulence energy level in the mixed layer, 
and Ll V2 is the velocity shear across the interface. The 
parameters me, m" mb arise through parameteriza­
tion of the total dissipation as proportional to pro­
duction of turbulent energy by shear instabilities, sur­
face processes, and convection. Reasonable values for 
these terms and a discussion of their importance may 
be found in Niiler and Kraus (1977) and Garwood 
(1979). Different choices for the parameters allow us 
to simulate many different published mixed layer 
models. 

We include a depth dependent background dissi­
pation term Eohl' which limits mixed layer growth. 
Some investigators have used a term with a stronger 
depth dependence, e.g., exponential (see Garwood). 
We can achieve the same effect by imposing a con­
dition 

(2.22) 

(i.e., for hI > hmax , EO ---> (0), though the need to do 
so does not arise in the present study. It is known 
that the effects of the penetrating radiation and of 
gusty winds are important in preventing the mixed 
layer from becoming extremely shallow during strong 
heating regimes (e.g., Woods, 1980). Ifwe do not wish 
to explicitly simulate such phenomena we parame­
terize their effect by requiring that 

(2.23) 

In the present study we do not take account of the 
depth-varying influence of penetrating radiation ex­
cept through this device. 

e. Surface fluxes, sidewall boundary conditions and 
turbulent mixing 

The ocean is driven by the surface fluxes of mo­
mentum, heat and turbulent energy (wind stirring, 
wave breaking, etc.). We distinguish the wind stress 
(divided by density) (T) from the square of the friction 
velocity (U*2). The former is a vector quantity that 
drives the mean currents and often may be adequately 
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represented by long-time averages. The friction ve­
locity is used to parameterize the generation of tur­
bulent energy (U*3) and requires a different average 
of a scalar quantity. 

1) SIDEWALL BOUNDARY CONDITIONS 

The model code allows for either free-slip or no­
slip boundary conditions at the sidewalls. In the pres­
ent study we use the no slip condition V = 0 along 
the walls. As a thermal condition the model allows 
the specification of either the heat flux (effectively 
aT/an) or the temperature T. We use the no heat flux 
condition 

aT/ax = 0 . (2.24) 

at the meridional boundaries of the model basin and 
specify T at the zonal walls to compensate for the fact 
that the model does not include the mid-latitude por­
tion of the oceans. 

2) TuRBULENT MIXING 

The principal vertical transfers due to small scale 
turbulence are those associated with mixed layer en­
trainment. The model also allows for explicit friction 
and diffusion between layers 1 and 2 of the form 

TI = Kml(V I - V2), 

DI = KTI(T1 - T2). 

(2.25) 

(2.26) 

We will take Kml = KTI = 0 so that only entrainment 
processes act as friction. The model code also allows 
for turbulent transfers between the second layer and 
the ocean below, but these are also taken to be zero 
in the present study. 

Without some horizontal eddy diffusion the 
boundary conditions on V and T are improperly 
posed. While there is certainly some horizontal vis­
cosity in the oceans, its amplitude and form are no­
toriously uncertain. We take the point of view that 
the Laplacian form of mixing length theory is rea­
sonable at the boundaries where there is a significant 
horizontal component to cross-isopycnal mixing, but 
that there is no physical reason to impose any hori­
zontal mixing in the ocean interior. In our model 
horizontal viscosity is implemented as a part of a 
filtering operator that is otherwise properly regarded 
as part of the finite difference scheme. This is dis­
cussed further in Section 3c. 

3. Numerical methods 

Our basic time differencing scheme is the "splitting 
up" method (Marchuk, 1974): for an equation ofthe 
form au/at = F(u) the operator on the right band side 
may be split into parts (i.e., F = A + B + C 
+ ... ) with each part treated differently. We split 
the governing equations (2.11 )-(2.17) together with 
one of (2.19)-(2.21) ,into three parts: adiabatic, in-

viscid dynamics together with explicit vertical diffu­
sion; mixed layer physics and determination of the 
entrainment rate, including (if needed) diabatic heat­
ing; horizontal turbulent mixing and smoothing. 

a. Adiabatic in viscid dynamics 

By adiabatic, inviscid dynamics we mean Eqs. 
(2.11)-(2.17) with We, all turbulent mixing terms 
(except the wind stress, TO) and all diabatic heating 
terms neglected, leaving horizontal flux, Coriolis, and 
pressure force terms in addition to the time rate of 
change. The time differencing procedure used for this 
portion of the calculation is the N-cycle scheme of 
Lorenz (1971) with N = 4 (also see Israeli and Got­
tlieb, 1974, and Cane, 1979). 

The model equations are treated in energy con­
serving flux form on a finite difference latitude-lon­
gitude grid. The grid layout is chosen as in Arakawa's 
(1972) scheme B: temperature, layer depth and en­
trainment velocity are defined at the center of a grid . 
box; horizontal velocities are defined at the four cor­
ners. Boundary points coincide with velocity points, 
making it easier to set boundary conditions. The grid 
may have variable resolution; the grid stretching pro­
cedure is as described in Cane (1979). Grid config­
uration B is superior to other schemes when the grid 
spacing is not small compared to the radius of de­
formation. 

b. Entrainment and mixed layer physics 

The second step in the splitting-up scheme is the 
determination of the entrainment rate We and its con­
sequences. The results of a complete cycle of the in­
viscid adiabatic step are used as initial conditions. In 
the layer model configuration Eq. (2.19) applies, We 

= 0 and this step is unnecessary. With the constant 
level formulation integration of the continuity equa­
tion (2.12) in the previous step will have changed the 
surface layer depth from its constant value hfix to a 
new value hY. Therefore this step must impose a depth 
change 

dh = hfix - hY (3.1) 

to restore the surface layer depth to the value hfix • 

Note that with weLlt = dh (3.1) is consistent with 
(2.12) and (2.20). 

The mixed layer equations are solved by integrat­
ing the entrainment equation over the timestep, with 
the results of the inviscid adiabatic step as initial con­
ditions. The equation is integrated analytically. This 

. is done most easily if the equation (2.23) is recast in 
energy balance form. Neglecting penetrating radia­
tion and the changein turbulent kinetic energy, 

d(PE + meMKE)/dt = msu~ - Eoh, (3.2) 

where PE is the mean potential energy and MKE is 
the mean kinetic energy. We will assume that the 
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forcing (u* and Q) is constant over the timestep, and 
will approximate 

Ito+At 

fohdt = fo(h. + dh)tl.t, 
to 

where hi is the mixed layer depth at the beginning 
of the timestep (to) and hi + dh is the depth at the 
end of the timestep (to + tl.t). Hence 

Ito+At 

dh = wedt. 
to 

We may now write (3.2) in the form F(dh) = O. If 
the mixed layer is deepening 

F(dh) = -[2msu*3 - 2fohl - Boh.]tl.t 

+ [Botl.t + h/)b + 2foM]dh + [N2 ~I }h2 

[N
2Jd 3 2 h.dh 

+ 6 h - me(tl.V) (hi + dh)' (3.3) 

where bb = b l - be is the jump in buoyancy at the 
base of the mixed layer at the t = to, tl. V is the jump 
in speed, Bo = gaQ, and N 2 = gar / h2 is the buoyancy 
gradient in the second layer. Eq. (3.3) is a quartic 
polynomial in dh and is easily solved; moreover, it 
is usually dominated by the lowest order terms. 

Eq. (3.3) applies only if there is a positive root less 
than h2 • For a shallowing layer, we treat the problem 
as one of the formation of a new mixed layer shal­
lower than the old one. We take h .. bb, tl.Vand N 2 

to be zero, in (3.3); disregarding changes in turbulent 
kinetic energy: 

F(hd) = -2msu~ + (Bo + 2fo)hd = 0, (3.4) 

where, with dh again the change in layer depth from 
its value hi at t = to, we have 

(3.5) 

When the model is run with the top layer con­
trolled either by the fixed depth or mixed-layer ener­
getics, there is a mass flux between layers 1 and 2 
which will carry heat and momentum as reflected in 
the We terms in Eqs. (2.11)-(2.17). With entrainment, 
the fluid in the region between z = hi and z = hi 
+ dh was in layer 2 at t = to, and is entrained into 
layer 1 at t = to + tl.t; its properties should be trans­
ferred accordingly. For example, for momentum: 

V'h'I(tl.t) = Vh? + dhV~, (3.6) 

V'h'z(tl.t) = Vh~ - dhVt (3.7) 

where dh is determined from the appropriate one of 
(3.1) or (3.3) and superscripts zero and prime refer 
to the values before and after the entrainment. With 
a detraining surface layer [dh < 0 determined from 

(3.1) or (3.5)] the fluid between z = hi - Idhl and z 
= hi is "left behind" in layer 2: 

h'lV'1 = h?V? - IdhIV?, 

h'z V'z = h~V~ + IdhIV? 

c. Smoothing and filtering 

As discussed in Section 2e, we do not rely on ex­
plicit horizontal diffusion of heat and momentum to 
control small scale numerical noise. Instead we apply 
a high-order Shapiro (1970) filter to the variables. 
This provides for highly scaled selective damping, 
eliminating waves with lengths of 2tl.x, while leaving 
longer waves quite unchanged. The filter is applied 
in each of the two coordinate directions sequentially 
to give the 2-dimensional version, and is applied to 
h, T, u/z xY and v/z xY• In lieu of specifying very high 
order boundary conditions, the order of the filter is 
reduced at the walls, starting with a second-order filter 
applied at the grid point adjacent to the wall, and 
increasing the order by 2 at each successive point 
inwards, until the ultimate order is reached. In the 
present calculation, we use an eighth-order filter in 
the interior. 

Mixing is greatest around the boundaries, as a con­
sequence ofthe reduced order there. This choice was 
favored over the alternative of specifying high order 
derivatives at the walls because of the difficulty in 
establishing a physical basis for higher order closure 
and because of the reasonableness of having larger 
cross-isopycnal mixing due to continental topogra­
phy, tidal mixing, etc. The filter is viewed as a nec­
essary stabilizing feature of the numerical scheme, 
rather than a parameterization of explicit physical 
processes, since the damping of the smallest scale 
noise is much larger than that indicated by physical 
arguments (see Kalnay-Rivas and Hoitsma, 1980). 

4. ~odelresponse 

An important region where the interplay between 
ocean dynamics and mixed layer behavior can be 
great is the tropical ocean. We have run the model 
in 5 cases designed to explore the nature of this in­
teraction and to identify the dominant features of the 
upper ocean response to wind driving: 

• In Case 1, we fixed the mixed layer depth and 
eliminated all the internal temperature gradients, thus 
mimicking Cane (1979). This case with easterly winds 
serves as a benchmark and a verification of the 
model's dynamics. 

• Case 2 is the case of greatest interest. Easterly 
wind drove the model with the full mixed layer phys­
ics included. To examine the role of variable mixed 
layer depth, a contrasting run (Case 3) was made with 
the mixed layer depth fixed. Case 3 differs from Case 
1 in that the thermal field was initially stratified, and 
the SST field evolves in time. 
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• Cases 4 and 5 illustrate the response to meridi­
onal winds as typically found in the eastern Atlantic 
and Pacific Oceans. They illustrate the non-linear 
effects involved in determining SST by comparing the 
response with southerly (Case 4) and southeasterly 
(Case 5) winds. 

In all the cases the model was run in a 30° X 30° 
box centered on the equator; grid spacing was 0.5° 
in longitude, and stretched in the meridional direc­
tion giving 22 km resolution at the equator. Uniform 
winds were impulsively applied at time t = 0, and 
continued for the duration of the runs. For those cases 
with the mixed layer physics included (2, 4, 5), the 
mixed-layer equations were treated with only the sim­
plest terms retained: except for a dissipation constant 
of to = 7.5 X 10-9 m2 s-3, and a surface production 
coefficient ms = 1.25, the other mixed layer constants 
(mb, me, q2) were zero; get = 2 X 10-3 m S-2 K- I• In 
this case study u. was specified at 0.864 cm S-I, re­
sulting in an initial diagnostic (Monin-Obukhov) 
mixed layer depth of about 50 m: in the absence of 
advection, upwelling or anomalous heating, the dis­
sipation, production and heating terms will balance 
at the diagnostic depth. Displacements from this di­
agnostic depth can only occur due to vertical motion 
and (to a lesser extent) horizontal advection or 
changes in surface flux caused by changes in mixed 
layer temperature. 

The initial conditions consisted of an ocean at rest. 
In all cases the depth and temperature fields were 
horizontally uniform, with hi + h2 = 200 m. Except 
for Cases 1 and 3, which had hi = 25 m, the initial 
mixed layer depth was 50 m. For cases 2 through 5, 
TI = 28.0°C, T2 = 19.5°C, r = 10.0°C, and 
T, = 1O.5°C. The minimum mixed layer depth 
was 20 m. 

Case I had the mixed layer fixed at 25 m, and the 
two active iayers are homogeneous in temperature 
(TI = T2 = 28.0°C, r = 0 and T, = 19.1°C). There 
is no surface heating, so the model retai'ns its initial 
temperature structure throughout the run. An east­
erly wind stress of 0.465 dyn cm-2 is applied at day 
O. The variables of interest are the velocity and the 
pycnocline height anomaly (PHA)-the displace­
ment of the second interface from its initial depth. 
Fig. 2. gives the time evolution of these fields along 
the equator. 

The model ocean response is very much like that 
described in Cane (1979). Briefly, the initial response 
consists of the excitation of a jet (Yoshida, 1959) 
along the equator plus Kelvin and Rossby wave fronts 
off the western and eastern walls. Since there is no 
density difference between the layers, only the first 
baroclinic mode exists, and the interfacial depth 
change and velocity fields show this single propaga­
tion speed. There is a velocity shear between the lay­
ers because only the upper layer is directly driven by 
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FiG. 2: Time-longitude sections of (a) pycnocline height anom­
aly and (b) undercurrent speed along the equator from Case I. The 
mixed layer depth is held constant at 25 m, and the model is 
unstratified, as in Cane (1979b). Contour intervals are of 5 m and 
5 cm S-I. 

the wind stress. The other dynamical time scale that 
enters is the frictional one 0(10 days) governing the 
spin-up of the surface layer (see Cane 1979). 

The results in Case 1 differ from those in Cane 
(1979) only in details. Some of the differences are 
attributable to differences in numerical methods, but 
the most significant ones appear to result from dif­
ferent physical assumptions about the nature of mo­
mentum exchanges between the two active layers. In 
the present model there is no explicit vertical diffu-
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sion: with upwelling, all momentum exchange is by 
surface layer entrainment [cf. Eqs. (2.11) and (2.14»): 

h.av. ---at = -w,,(V. - V2) + .. " 

h2aV2 -- = -w,,(V2 - V 2) + .... at 

(4.1a) 

(4.1b) 

In Cane (1979) there is explicit diffusion and vertical 
advection is assumed to be energy conserving; in our 
notation 

h.aV. 
-- = -w(V. - V2)/2 - K(V. - V2), (4.2a) at 
h2aV2 ---at = -w(V. - V2)/2 + K(V. - V2), (4.2b) 

where the friction coefficient K can be written as K 
= v/H* with v a vertical eddy viscosity and H* a 
characteristic vertical scale (see Cane, 1979). The two 
sets of formulas (4.1) and (4.2) are equivalent if K 
= w/2 and w = We. This identification is one way of 
appreciating the equivalent frictional effect of surface 
layer entrainment (also, cf. (2.18)]. For Case 1, We on 
the equator is 4-8 m day-·, corresponding to v 
= 23-46 cm2 s-· with H* = 100 m. The mean up­
welling between ±1.5° is 2.3 m day-·, or v = 10 cm2 

s-·. In Cane v = 15 cm2 s-·; hence the net upward 
transfer of momentum from the undercurrent is 
somewhat greater in the present model. This differ­
ence is most evident in the reversal of the surface 
flow, which is stronger in the present calculation. 

a. Model response with mixed layer physics included 

In Case 2 the mixed layer depth is determined by 
the parameterization (2.21). Again, an easterly stress 
of 0.465 dyn cm-2 is applied. Our first attempt was 
with the "simplest" case ofzero surface heat flux, but 
we quickly discovered that because the vertical cir­
culation at the equator is so vigorous the two layers 
soon become homogenized there. Once the stratifi­
cation vanishes "deep convection" sets in, with the 
mixed layer deepening through the second layer and 
mixing momentum uniformly down to the thermo­
cline. Thus, our first result with a mixed layer param­
eterization is that surface heating is essential for re­
alistic modeling of equatorial dynamics. Without it 
the stratification cannot be maintained and hence the 
strong vertical shears associated with the undercur­
rent cannot be supported. (Pacanowski and Philander 
(1981) report similar results). To overcome this prob­
lem without introducing unnecessary complexity, we 
specify the surface heating as (cf. Haney, 1971): 

The response in this case to easterly wind consists 
of a series of regimes in the thermal and dynamics 
fields. While these changes are not independent, we 
shall discuss the evolution of the dynamic quantities 
first, then examine the thermal fields. 

In this case the currents along the equator evolve 
in a somewhat different fashion from those in Case 
1 and Cane (1979). The buoyancy difference between 
the two layers permits a second baroclinic mode 
which also influences the response of the sea surface 
temperature and velocity. 

Spin-up in this case resembles that described in 
Philander and Pacanowski (1980) but the presence 
of only two discrete baroclinic modes simplifies the 
resulting evolution. Initially, the Yoshida jet is excited 
in both modes, although it is stronger in the second 
baroclinic mode. The westward forcing drives the 
lower-layer current westward in mode 1 and eastward 
in mode 2. The acceleration associated with the first­
mode Yoshida jet stops in the wake of the Kelvin 
wave front. The second-mode Yoshida jet continues, 
resulting in an apparent acceleration. Eventually, the 
arrival of the second-mode Kelvin wave front from 
the western side of the basin stops this acceleration 
as well, and the flow ceases its acceleration. In linear 
theory, the arrival of the second-mode Kelvin wave 
should very nearly stop all flow in the two layers, by 
allowing a pressure gradient in the first layer to bal­
ance the wind driving, and by allowing the internal 
mass field to achieve exact compensation so that the 
pressure gradient vanishes in the second layer. This 
does not happen because modifications in the modal 
structure prevent this balance. 

It is possible in a multi-layered, stratified model to 
obtain a no-flow solution, where the stress balances 
the pressure gradient in the top layer, while internal 
density readjustments allow for zero pressure gra­
dients beneath the stressed layer (see Cane, 1979, p. 
238). If the model includes some other physics that 
interferes with its ability to adjust the subsurface pres­
sure gradient to zero then an equatorial undercurrent 
will be generated. In the model of Cane (1979) there 
is no density difference between the two layers but 
only the top layer feels the wind stress. Even in the 
case where nonlinearities are suppressed, there will 
be an undercurrent, albeit a weak one (see Cane, 
1979). In the stratified model of McCreary (1981) 
vertical diffusion of heat destroys the buoyancy pro­
file needed to maintain a zero pressure gradient, and 
an undercurrent results. 

. The present model has features similar to both 
Cane (1979) and McCreary (1981) models. The en­
trainment of momentum allows for a non-linear 
momentum balance as in Cane, while the entrain­
ment of buoyancy prevents full equilibrium of the 
density field and contributes to the generation of the 
undercurrent. To assess the importance of the non­
linear term we will consider the vertical advection of 
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momentum in the zonal momentum balance. Along 
the equator, the momentum balance is 

rX 
Ut + UUx + WeUz = -Px + h; . (4.4) 

Fig. 3 shows the time averaged values of WeUZ , Px and 
-rx/h from Case 2. These values are arrived at by 
averaging over the last 80 days of the run. As can be 
seen, the vertical advection of momentum plays an 
important role in the balance. This model has no 
explicit vertical diffusion of heat or momentum; what 
diffusion there is results from mixed layer entrain­
ment and this is closely related to vertical velocity. 
In the steady state, the entrainment rate and up­
welling velocity are equal and the discussion follow­
ing (4.2) suggests how WeUz may be interpreted as a 
sum of diffusion and. inviscid vertical advection. Ei­
ther process alone would be sufficient to permit an 
undercurrent. McCreary rightly emphasizes the im­
portance of vertical diffusion. In his model the ver­
tical advection term is artificially suppressed although 
it is comparable to the retained terms. While either 
process alone would be sufficient to permit an un­
dercurrent, a model which includes both in a realistic 
way leads to the conclusion that on the equator dif­
fusion and vertical advection are inevitably related 
and both are non-negligible components of under­
current dynamics. 

Initially, the equatorial .upwelling gives rise to a 
shallowing of the mixed layer. Since this shallowing 
is not accompanied by strong entrainment, the SST 
remains unchanged. After about 10 days the mixed 
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FIG. 3. Time-averaged values of the equatorial zonal momentum 
budget in the mixed layer. (a) weau/az, (b) ap/ax, and (c) -r/h,. 
Averages taken from days 240 to 320 of Case 2. 
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layer hits its minimum depth of 20 m. Subsequent 
upwelling may be equated to entrainment, resulting 
in a rapid and strong cooling of SST all along the 
equator, which spreads out slowly. Fig. 4 is a time­
longitude section of SST along the equator, where 
this rapid cooling in SST can be seen after 10 days. 
After this, stronger cooling is seen at the eastern end 
of the basin, due to the stronger upwelling and tilting 
of the isotherms in the second layer (Fig. 5). 

\ 

b. Frontogenesis 

By day 40 there is a band of shallow, cold water 
extending completely across the basin, within 3-4 0 
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FIG. 5. Equatorial longitude-depth section of temperature at day 280 
from Case 2. Contour interval 1°C. 

of the equator. In Fig. 6a, b, this shallow\ cold region 
is seen to be bounded by a shdTp front in both mixed 
layer depth and SST. This demonstrates one of the 
salient features of the interaction of ocean dynamics 
and mixed layer physics: when ocean dynamics pro­
duces upwelling, the equilibrium depth of the mixed 
layer changes from the diagnostic depth, hoo, to a 
value approximately one half of this depth. 

First consider the situation where w ~ 0: down­
welling or no vertical motion. In this case, the mixed 
layer depth is determined by (3.5): 

2msu! 
Ih = (Bo + 2Eo) == hoo, (4.5) 

that is, hI is the diagnostic depth. Now assume that 
the mixed layer depth is in equilibrium in a upwelling 
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regime; hence We = W [cf. Eq. (2.20)]. In order to 
maintain equilibrium the cooling caused by entrain­
ment into the mixed layer must be balanced by sur­
face heating: recasting the temperature equation 
(2.21) in terms of buoyancy, 

w/Jb = Bo. (4.6) 

Neglecting the kinetic energy and penetrating radia­
tion terms in (2.21), the mixed layer equation be­
comes 

wehl)b = 2msu! - (Bo + 2Eo)hl. (4.7) 

Using (4.6) on the left of (4.7), we obtain the equi­
librium depth: 

b 
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FIG. 6. (a) Mixed layer depth and (b) sea surface temperature after 40 days, from Case 2. Contour intervals of 5 m and 0.5°C. 
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At some distance from the equator there is a transi­
tion from the equatorial upwelling regime to an Ek­
man drift regime where the vertical velocity is down­
ward. The preceding argument shows that in a quasi­
equilibrium situation there will be an abrupt change 
in mixed layer depth at the latitude where w = 0, 
even though the change in the vertical velocity is rel­
atively smooth. 

An additional steepening effect arises because of 
our interactive heat flux law. As the upwelling cools 
the water, the heat flux increases [cf. (4.3)]. This de­
creases the diagnostic depth on the equatorward side 
of w = O. This effect occurs quite strongly in this 
model, changing hOC! from 54 to 18 m across the tem­
perature front. In nature, the heat flux into the ocean 
also tends to increase with increased air-sea temper­
ature difference, although other factors may modify 
the specifics. 

The temperature front forms as a consequence of 
the jump in mixed layer depth at the latitude Yo where 
w = O. Suppose that in the vicinity of Yo the merid­
ional velocity in the surface layer is just the Ekman 
velocity: 

Obviously, the step in hi at Yo results in an abrupt 
change in VI; equatorward of Yo there is strong ad­
vective cooling while poleward of Yo the current is too 
slow to noticeably alter the SST. The sharp change 
in \sST at Yo results from the differential advection 
across the mixed layer depth front. 

The preceding argument implies that if the mixed 
layer depth were held constant, the temperature front 
would not appear. Case 3 was run with the mixed 
layer depth fixed at 25 m, but the initial thermal pro­
file agreed with that used in Case 2. Upwelling and 
entrainment allowed subsequent evolution of the 
SST. In this case SST spreads much more rapidly and 
evenly. Fig. 7a shows the pattern at day 40, where the 
regular spread in SST is· visible (compare with Fig. 
6a). At the equator, the mixed layer treatments in the 
two cases are essentially similar (h = hmin in Case 2; 
h = hfix in Case 3), and hence the SST and under­
current behavior is quite similar. 

The front in Case 2 continued to migrate poleward 
as more mass is upwelled at the equator, until it even­
tually becomes unstable and breaks down into a series 
of regular eddies centered at 4_5 0 latitude. SST and 
mixed layer depth at 280 days are shown in Figs. 8a, 
b, from which 800-km waves can be clearly seen. A 
time-latitude plot of SST through the center of the 
basin (Fig. 9) shows the breakdown of the front at 
about 100 days followed by a very regular progression 
of waves through the remainder of the run. These 
waves appear similar to those found by Semtner and 
Holland (1980). While only suggestive, mid-latitude 
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analysis of the baroclinic instability of the two and 
one-half layer system on a ,,-plane centered at 50 
(Schopf, 1981) indicates a possibility for baroclinic 
instability with a maximum growth rate for waves of 
780 km. 

An important feature of the response is the cou­
pling of the thermal and velocity fields. The propa­
gation of the second-mode Kelvin wave seen in Fig. 
4b is quite slow, similar to the slowing of the waves 
seen in Philander and Pacanowski (1980) in their 
non-linear case with T

X = -0.5. While the speed is 



JUNE 1983 

10 

5 

LIJ 
0 
::> 
~ 0 
I-« 
...J 

-5 

- 10 

PAUL S. SCHOPF AND MARK A. CANE 

10 

5 

o 

-5 

-10 

o 

\ 
"l 
~ 

.,..') 

o 5 

5 10 

10 

15 

LONGITUDE 

15 

LONGITUDE 

20 25 

20 25 

FIG. 8. (a) Mixed layer depth and (b) sea surface temperature 
after ~80 days, from Case 2. 

929 

certainly affected. by the presence of strong currents, 
it appears that in the present case this slowing is 
strongly related to a change in the stratification 
brought about by upwelling and mixing of the water 
in the vertical. The initial thermal profile led to a 
linear second-mode speed of 0.77 m S-I. Examining 

the equatorial thermal structure at 40 days into the 
run, we note a 4°C cooling of the surface water and 
an upward movement of isotherms in the second 
layer. This reduced buoyancy difference between the 
two layers results in a second-mode wave speed of 
about 0.42 m S-I. This analytic approximation for 
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the second mode speed agrees very closely with the 
wave speed indicated in the time-space section in 
Fig.4b. 

c. Response to southerly wind stress 

When the upper ocean is driven by unifornl south­
erly winds, the linear response is anti-symmetric in 
layer thickness and zonal velocity and symmetric in 
meridional velocity. Thus, the upwelling induced 
along the eastern wall south of the equator is matched 
by downwelling to the north. Similarly there is an 
upwelling/downwelling pair along the western wall, 
with the upwelling to the north. The symmetry of the 
response is altered significantly by the nonlinearity 
of the entrainment/detrainment process, and by ad­
vective effects. With realistic mixed layer physics the 
sea surface temperature is not changed by detrain­
ment, while it is cooled by entrainment. Thus the 
influence of downwelling (which in a steady state 
leads to detrainment) is not the complement of up­
welling. 

Case 4 was run as in Case 2, but with rX = 0 and 
r Y = 0.465 dyn cm-2

• The pattern of SST observed 
at 160 days in Fig. 10 shows that while the surface 
water has cooled south of the eastern end of the 
equator, it has not warmed to the north. In fact, no 
signature of the downwelling is visible in the SST. 

While this result is not universal, as we shall show, 
it demonstrates clearly the differences between SST 
and PHA, and the difficulty which arises when at­
tempting to interpret one in terms of the other. 

Since the entrainment/detrainment process does 
conserve total heat and mass in the two layers, it 
affects the first baroclinic mode much less than the 
second. Those fields which are particularly sensitive 
to mode 1 will tend to maintain the linear symme­
tries. For example, the surface elevation or heat con­
tent ofthe two layers should remain asymmetric. The 
surface elevation is given by 

(4.9) 

and IS thus related to the upper ocean heat content 
due to the linear equation of state: 

L q = [(T1 - T,)h I + (T2 - T,)h2] = ru- I
. (4.10) 

The second mode influences the vertical motion at 
the base of the mixed layer, and hence the entrain­
ment/detrainmentand changes in SST. Fig. 10 ver­
ifies the much stronger "anti-symmetry" in surface 
elevation than in SST. 

d. Response to southeasterly wind stress 

The lack of symmetry in SST due to the nonlinear 
nature of the entrainment/detrainment process does 
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FIG. 10. (a) Sea surface temperature, (b) mixed layer depth, (c) pycnocline height anomaly and (d) surface elevation 
at day 160 of Case 4, southerly wind driving. 

not always hold. The most significant nonlinearity in 
the temperature equation occurs in the neighborhood 
of We = 0, where the contribution due to vertical ad­
vective flux encounters a step. Away from We = 0, the 
flux is in fact quite linear, as is reflected in the model 
results discussed below. . 

In the case with easterly wind there is upwelling 
all along the equator and slightly north and south 
along the eastern wall. Case 5 was run as Cases 2 and 
4, but with the forcing specified as the superposition 
of the two (T

X = -0.465 dyn cm-2
, T Y = 0.465 dyn 

cm-2
). The results appear as a near superposition of 

the two cases, but here the downwelling associated 
with the southerly component only reduces the up­
welling due to the easterlies, thus decreasing the cool­
ing due to entrainment (i.e. the perturbation effect 
is warming). Fig. 11 shows the SST and surface height 
in the southeasterly wind case and the difference be­
tween the southeasterly and easterly cases. In Fig. llc, 
a relative warming can be seen north of the equator 
at the eastern boundary. 

Other features of southeasterly driving are also 
present in the model results. The equatorial upwelling 
is shifted to windward, as seen in a temperature sec-
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tion across the middle of the basin in Fig. 12. The 
maximum upwelling is now at 3°S while the under­
current core is only moved about 1.5 0. Of the cases 
presented here, this forcing and its SST response most 
resemble the observations in the eastern Pacific and 
Atlantic. 

5. Discussion 

There are two parts to the work described in this 
paper: 1) the development of a new numerical model 
including both primitive equation dynamics and 
mixed layer physics; 2) a study of the interplay of 
dynamics and thermodynamics in equatorial oceans. 

The numerical model consists of two layers in the 

o 5 10 15 
LONGITUOE 

20 25 

FIG. 11. (a) Sea surface temperature and (b) surface height at 
day 40 from Case 5, southeasterly wind. Differences between Case 
5 and Case 2 are shown in (c) for SST. 

vertical, each of which is governed by primitive equa­
tion dynamics. The surface layer properties are also 
gove(lled by mixed layer physics parameterized in 
terms of the turbulent kinetic energy balance in the 
manner of Kraus and Turner (1967). The mixed layer 
equations are soived with a quasi-analytic scheme 
that is accurate and efficient; it could be readily ap­
plied to other mixed layer studies. The numerical 
model employs a generalized vertical coordinate with 
the ocean mixed layer represented as a single layer 
for both dynamics and mixed layer physics. This 
treatment is efficient, accurate and internally consis­
tent: no redundant quantities are calculated, the 
mixed layer depth is an explicit variable, and the same 
assumptions about the vertical structure of the mo-
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FIG. 12. Latitude-depth section of temperature along the middle 
of the basin at day 40 of Case 5. 

mentum and buoyancy fields apply to both the dy­
namics and mixed layer physics. 

Models of mixed layer processes have achieved sig­
nificant success in simulating the observed behavior 
of mixed layer variables, but our present understand­
ing of mixed layer physics is inadequate to formulate 
an entirely satisfactory parameterization. For exam­
ple, within regions of net surface cooling and con­
vergent surface flow, the only process limiting deep­
ening is dissipation, but dissipation within the mixed 
layer is not at all understood. Such shortcomings in 
mixed layer parameterizations necessarily limit our 
models' ability to simulate the upper ocean. 

The greatest deficiencies of the model lie with the 
crude representation of the ocean just below the 
mixed layer. In the central Pacific there is substantial 
shear from the base of the mixed layer to the core of 
the undercurrent. The momentum entrained into the 
mixed layer would therefore be somewhat less than 
that simulated in the present model which permits 
no vertical shear within the second layer. In the west­
ern Pacific, the observed temperature is uniform to 
great depths but the currents are not, implying a shal­
lower mixed layer than would be estimated from the 
temperature field. We have already pointed out that 
the limited thermal structure does not represent the 
detrainment process very well; under western Pacific 
conditions, our model immediately mixes detrained 
warm water downwards, artificially enhancing the 
temperature jump at the base of the mixed layer. Both 
of these problems could be readily alleviated by the 
inclusion of more vertical structure immediately be­
low the mixed layer. 

Increased vertical resolution could be added with­
out altering the treatment of the mixed layer. The 
principal technical problem introduced by the model's 
mixed layer structure is the danger that inertia-grav­
ity waves generated by rapid mixed layer excursions 
will destroy the calculation. The two layer version 
demonstrates that our numerical scheme handles it 

without resorting to excessive horizontal mixing, and 
a multilayer version should behave no differently. In 
any event, the configuration used here is sufficient for 
our present purposes. 

In this, our initial set of experiments, we have fo­
cused on equatorial regions where dynamics are 
known to have a strong influence on SST. In fact, the 
vertical circulation at ·the equator is so vigorous that 
in the absence of surface heating the stratification is 
quickly [0(100 days)] eroded, and nothing inhibits 
the surface mixed layer from deepening down to the 
main thermocline. As a result the water column be­
comes homogeneous in both temperature and mo­
mentum, and the direct effect of the surface wind 
stress is felt at depth. This interfered with the usual 
equatorial dynamics and destroyed the equatorial 
undercurrent. Thus the primary role of surface heat­
ing was found to be maintenance of the stratification 
at the equator so that realistic dynamics would be 
possible. Its effects on SST and surface dynamic to­
pography were less dramatic. 

Once a reasonable buoyancy profile was main­
tained by surface heating, the model produced a vig­
orous equatorial undercurrent. Equatorial upwelling 
led to a non-linear transfer of energy from the second 
internal mode to the first, and this excludes the pos­
sibility of a no-motion solution for steady easterly 
winds. The resulting equatorial surface current sys­
tem is maintained principally by a non-linear bal­
ance, with vertical advection of momentum balanc­
ing the wind driving. 

It is common in equatorial studies to describe pro­
cesses in terms of the barodinic modes appropriate 
to linear dynamics. In our model there are only two 
vertical modes, the gravest being essentially uniform 
in velocity through the two active layers and the sec­
ond changing sign at the base of the mixed layer. This 
second mode substitutes for a set of higher modes 
that would be present in the upper layers of real 
oceans. A principal use of the modal description is 
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in explaining the ocean's response to a perturbation 
in the winds. The second mode has the larger vertical 
velocity at the base of the mixed layer and hence the 
larger effect on entrainment and SST. The first mode 
is the principal influence on sea surface elevation. 

It is also of interest to consider the modifications 
of such linear modes by nonlinear effects. The non­
linear term that most influences the modal behavior 
is the vertical transfer of momentum between the 
mixed layer and the ocean below. It tends to reduce 
vertical gradients thus acting as a dissipation for the 
second mode by converting it into the first mode. 
There is little direct effect on the first mode because 
it has no vertical shear. Because the mixed layer is 
thin and the undercurrent is thick, the relative impact 
on the first mode by conversion from the second is 
small. Since the currents have more of a second mode 
structure, while surface dynamic topography is pri­
marily associated with the first mode, the former is 
influenced by nonlinearity far more than the latter. 
It has been noted that in the nonlinear models of 
Cane (1979) and Philander and Pacanowski (1980), 
the adjustment of surface dynamic topography ap­
pears to be reasonably well described by linear dy­
namics but the evolution of the current system is not. 
The discussion presented here suggests \Yhy this is the 
case. 

In our experiments the strongest upwelling and 
lowest temperatures occur at the eastern end of the 
equator, even when the winds are solely from the east. 
The eastern upwelling creates a zonal temperature 
gradient along the equator. In the Atlantic and Pa­
cific, the winds at the eastern end of the equator are 
primarily southerly and the lowest temperatures there 
result from the coastal upwelling south of the equator. 
Similar results were obtained in our experiments with 
southerly and southeasterly winds. The cold water 
upwelled at the eastern end is advected westward 
along the equator by the model's version of the South 
Equatorial Current. It is warmed by the surface heat­
ing as it travels so the zone of coldest temperatures 
does not extend across the basin. 

Our calculations illustrate the point that the con­
nection between changes in SST and in dynamic 
quantities such as sea surface elevation need not be 
straightforward. The strong asymmetry between up­
welling and downwelling in their interaction with 
mixed-layer processes is a principal reason. Down­
welling deepens the mixed layer but typically does 
not make the SST warmer. Upwelling tends to en­
hance entrainment by making the surface layer shal­
lower and tends to decrease SST by bringing colder 
water closer to the surface where mixing into the sur­
face layer is easier. The asymmetry between upwelling 
and downwelling shows clearly at the eastern end of 
the basin in the southerly wind case. The dynamic 
topography is approximately anti-symmetric about 
the equator, but the upwelling south of the equator 

sharply decreases the SST while the downwelling 
north of it leaves SST virtually unchanged. 

In order to assess SST changes in response to wind 
field perturbations one must consider the changes in 
the upwelling/downwelling pattern. A modulation 
where w > 0 is likely to lead to measurable SST 
changes, while a modulation of w < 0 is not. In the 
vicinity of w = 0, changes are particularly hard to 
predict because the perturbation can change the sign 
of w inducing substantial changes in SST. In the ini­
tial response to easterly winds the equatorial upwell­
ing rate exceeds the rate of deepening by turbulent 
mixing so the mixed layer shallows but with little 
entrainment, and hence almost no change in SST. 
Once the layer becomes shallow enough entrainment 
becomes strong and SST decreases rapidly. In the case 
of southeasterly winds the effects of the southerly 
component modulated the pQsitive entrainment on 
both sides of the equator that arises from the easterly 
wind. The water south of the equator became colder 
and the water north of the equator became warmer . 
(less cold), as compared against the results with east­
erlies alone. 

In all cases where the mixed layer depth was al­
lowed to change, the strong interaction of mixed layer 
physics and upwelling resulted in discontinuities in 
mixed layer properties. For example, with easterly 
winds equatorial upwelling creates a zone with a shal­
low mixed layer ending abruptly at the latitude where 
the vertical velocity goes to zero. Downwelling pole­
ward ofthis latitude results in a much deeper surface 
layer with a reduced surface velocity. With a southerly 
wind coastal upwelling leads to qualitatively similar 
behavior. It was noted that in downwelling regions 
the mixed layer depth is approximately the diagnostic 
depth, while in upwelling regions it approaches one 
half the diagnostic depth. The depth disparity is en­
hanced by the tendency ofthe surface heat flux to be 
greater in' the upwelling region where the SST is 
colder, thus decreasing the diagnostic depth there. 
Hence, even if the vertical velocity varies smoothly 
through the line where w = 0, the mixed layer depth 
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will be discontinuous there. Typically, the wind drives 
faster currents in the shallower surface layer, en­
hancing horizontal temperature advection on the 
shallow, cold side of the discontinuity. As a result, 
a surface temperature front is created. The Galapagos 
Front bears a strong resemblance to the model fronts 
(Fig. 13). South of it the water is cold, and the mixed 
layer is so shallow as to be almost non-existent; to 
the north of the narrow region of strong SST gradient, 
the surface mixed layer is 25 meters deep and is 
clearly defined. 
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