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Abstract Published strength profiles predict strength
discontinuities within and/or at the base of continental
crust during compression. We use finite element mod-
els to investigate the effect of strength discontinuities
on continental collision dynamics. The style of defor-
mation in model crust during continued subduction of
underlying mantle lithosphere is controlled by: (1)
experimental flow-law data; (2) the crustal geotherm;
(3) strain localization by erosion; (4) strain-softening
and other localization effects. In the absence of ero-
sion and other factors causing strain localization,
numerical models with typical geothermal gradients
and frictional/ductile rheologies predict diffuse crustal
deformation with whole-scale detachment of crust
from mantle lithosphere. This prediction is at odds
with earlier model studies that only considered fric-
tional crustal rheologies and showed asymmetric,
focused crustal deformation. Without localization,
model deformation is not consistent with that
observed in small collisional orogens such as the Swiss
Alps. This suggests that strain localization by a combi-
nation of erosion and rheological effects such as strain
softening must play a major role in focusing defor-
mation, and that strength profiles derived under con-
stant strain rates and uniform material properties can-
not be used to infer crustal strength during collision
dynamics.
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Introduction

A common approach when studying deformation of
continental rocks is to use representative rheologies,
geotherms and strain rates to estimate the strength of
the crust. Rheological parameters derived from lab-
oratory experiments for frictional behaviour (e.g.
Amontons-Byerlees Law) and/or ductile flow (e.g.
power-law creep) are extrapolated to crustal con-
ditions to construct strength profiles such as the exam-
ples shown in Fig. 1. In general, they show the pres-
ence of one or more relatively weak horizons within
and/or at the base of the crustal layer, giving rise to
the characteristic ‘Christmas tree’ shape. Profiles differ
depending on the assumed constitutive relations, the
dominant mineral composition of various layers, and
the temperature and density structure of the crust (see
review by Kohlstedt et al. 1995). Such strength profiles
have been used by many authors to interpret the
behaviour of continental crust under compression.

An alternative approach is to consider the effect of
lithospheric strength on dynamic behaviour of the
crust or lithosphere using forward-model experiments.
Materials such as sand or plasticine have been used
within appropriately scaled analogue experiments to
infer behaviour of crustal rocks. Rheological behav-
iour in the equivalent numerical experiments is rep-
resented by a series of constitutive equations relating
stresses to strain and strain rates. In general, these
experiments show large variations in strain-rate as a
function of position and time (e.g. Albert et al. 2000).
These variations bring into doubt the validity of
strength profiles constructed from simple kinematic
assumptions.

In this paper we highlight some of the problems in
interpreting continental collision in terms of crustal
strength profiles based on experimental data, by com-
paring them to strength profiles computed from a
series of simple numerical experiments. We show that,


https://core.ac.uk/display/159145855?utm_source=pdf&utm_medium=banner&utm_campaign=pdf-decoration-v1

a Ranalli and Murphy (1987) b

Handy et al. (1999)
log T (MPa)
1 2

169

¢ Okaya et al. (1996)

3

logle-g )iMPal L
b | 2 3
quartz/granite
Moho-40
feo
120

Fig. 1 Typical strength profiles predicted for continental crust
taken from the literature. a 40-km-thick quartz/granite one-layer
crust overlying an olivine mantle, with a linear 10°C km™" geo-
thermal gradient and a constant strain rate of 107'* s7! (Ranalli
and Murphy 1987). b 50-km-thick crust with a two- mineral
phase gabbro composition (30% feldspar, 70% clinopyroxene)
calculated using a bimineralic flow-law with interconnected,
weak-layer mylonitic behaviour and a geothermal gradient of
20°C km.. Sim})liﬁed from Handy et al. (1999). Strain rate was
constant at 10712 s, ¢ Strength versus depth profiles constructed
for the Central Alps from Okaya et al. (1996) using heat flow
data and an assumed layered composition of quartzite/granite
(upper crust); quartz—diorite (mid-crust, above C2 which is the
Conrad discontinuity); diabase (lower crust, below C2 and above
Moho); and olivine (mantle lithosphere). Black and grey shading
show profiles for wet and dry rheologies, respectively. Profiles
are computed for extension (left-hand side) and compression
(right-hand side) using Byerlee’s Law in the frictional domain.
Constant strain rate of 1071 s!

in general, localization of deformation by strain sof-
tening or erosion is required to reconcile dynamic
model results with observations.

Dynamics of continental collision
Introduction and background

Results from geophysical surveys in small collisional
orogens such as the Swiss Alps show an asymmetric
geometry with lower crust and mantle lithosphere
underthrusting the collision zone (e.g. Central Swiss
Traverse; Fig. 2a). In the Alps, European lower crust
remained coupled to the mantle, subducting beneath
the Adriatic plate and causing a doubling in the Moho
(Ye 1992), whereas in the eastern Swiss Alps, lower
crust on the Adriatic plate was thickened and involved
in the deformation (Pfiffner and Hitz 1997). In both
central and eastern sections, little detachment at the
Moho is inferred for the European plate (Schmid
1999), unlike dynamic predictions inferred from typi-
cal ‘Christmas tree’ strength profiles with a marked
strength discontinuity at the base of the crust.

The asymmetric doubly vergent pattern observed in
the European Alps and many other collision zones has
been reproduced in a series of analogue experiments
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Fig. 2 Style of continental collision when crustal deformation is
forced by subduction of lower lithosphere. a Interpreted dynam-
ics and crustal deformation for the Swiss Central Traverse, mod-
ified after Pfiffner and Heitzmann (1997). Dark grey is lower
crust. b Analogue sandbox experiment by Malavieille (1984).
Lower lithosphere kinematics represented by Mylar sheet pulled
along and through a slot at point S. Layers in sand are marker
horizons; sand has uniform composition. ¢ Equivalent finite-ele-
ment numerical model experiment by Willett et al. (1993). Uni-
form crustal layer has frictional (Coulomb) properties. Lower
lithosphere subduction is represented by the velocity boundary
condition on the base, with an imposed velocity discontinuity at
point S
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(Malavieille 1984; Fig. 2b) with crustal layers rep-
resented by a frictional Coulomb material (sand) and
the subduction of lower lithosphere by a mylar sheet
pulled along and down through a slot at the point of
collision. The sandbox experiments clearly show the
influence of the lower lithosphere kinematics on
deformation in the modelled layer above. A character-
istic asymmetric deformation pattern develops, with
plug uplift along two inclined shear zones on either
side of the slot. Shear remains focused on the station-
ary side of the model orogen (the retro-side in the ter-
minology of Willett et al. 1993), but is distributed in a
series of outward-propagating thrust faults within the
sand layer on the incoming (pro-) side. The same
boundary conditions applied to a numerical model
with a frictional rheology produce similar results (e.g.
Willett et al. 1993; Fig. 2¢), although the continuum
assumptions used in the numerical model and the lim-
ited resolution of the finite elements causes shear
zones to have a larger width than equivalent sandbox
experiments. Lack of strain localization effects in
numerical experiments also prevents the pro-wedge
from developing as a series of discrete thrust planes;
instead, it thickens by homogeneous shear as material
is advected through the pro-step-up shear zone.

The agreement between analogue and numerical
model experiments and deformation patterns observed
in small collisional orogens suggests that in these
cases, crustal deformation may be controlled to first-
order by subduction of mantle lithosphere. A number
of comparisons between mantle subduction-driven
models of collision and natural examples have been
made (e.g. Beaumont et al. 1994; Batt and Braun
1997; Bousquet et al. 1997; Beaumont et al. 2000).
Despite the success of some of these comparisons, the
rheology used in the computer models is vastly simpli-
fied from real continental crust. Extrapolation of lab-
oratory measurements to crustal strain rates is uncer-
tain (Paterson 1987). The scale of the models and
their inherent assumptions preclude the inclusion of
small-scale heterogeneities explicitly; the layering of
continental crust has also generally been neglected.
Only recently have effects of strain localization, sof-
tening and hardening been considered (e.g. Cundall
1989; Mikel and Walters 1993; Upton 1998; Vauchez
et al. 1998; Schmid and Podlachikov 1999).

The models that were first used to highlight the
importance of mantle lithosphere subduction (Malavi-
eille 1984; Willett et al. 1993) used a one-layer fric-
tional (Coulomb) representation of the crust. More
complex rheologies, which combine rheologies rep-
resenting the upper, brittle/frictional part of the crust
with temperature-controlled viscous behaviour at
depth, do not always show a strong crustal response to
mantle lithosphere subduction boundary conditions
(e.g. Royden 1996; Seyferth and Henk 2000). Further
investigations are required to fully resolve the degree
to which lower lithosphere dynamics control crustal
deformation during collision.

Model properties

Figure 3 shows the boundary conditions and material
properties used in the numerical model. As discussed
above, the driving mechanism for collision is the
assumed subduction of mantle lithosphere, rep-
resented in the model by a set of velocity boundary
conditions at its base. The point S is a velocity discon-
tinuity and represents the location of lower litho-
sphere detachment and underthrusting. To the left of
S, the basal velocity is equal to the uniform conver-
gence velocity of 1 cm a™!, and to the right of S, the
base of the crustal layer is fixed. Material properties
in the model layers are followed using a Lagrangian
tracking grid. The calculation is performed using an
arbitrary  Eulerian-Lagrangian  formulation  as
described by Fullsack (1995).

The crustal rheology used in the model experiments
is a combination of incompressible frictional Coulomb
behaviour, with specified values for cohesion and
internal angle of friction ¢, and ductile power-law
creep, specified in terms of a pre-exponential constant
B, activation energy O, and power-law exponent, z. In
the frictional regime, shear strength increases with
pressure following the Coulomb yield relationship
1=tan(¢) o where t and o are the shear and normal
stress, respectively, and the material has negligible
cohesion. This yield strength with depth relationship
approximates a uniform gradient form of Byerlee’s
Law (Byerlee 1978; Brace and Kohlstedt 1980) in a
thrust environment for a fluid pressure slightly above
hydrostatic. No account is taken of possible variations
in fluid pressure ratios with depth (cf. Yardley and
Valley 1997). In some of the experiments a simple
representation of strain softening in the frictional
regime is included. Given the uncertainties in rep-
resenting strain softening and its effects, we model it
in terms of a threshold bulk strain value, which
produces a sudden decrease in Coulomb internal angle
of friction by 60%.

Ductile strength obeys a power-law creep relation-
ship (61 —03) = 2B ¢ /" exp(Q/nRT), where (c;-03)
is stress difference, € is strain-rate, R is the gas con-
stant and 7 is temperature. The ductile creep param-
eters are based on results from laboratory deformation
experiments, translated into values suitable for plane-
strain calculations (Tullis et al. 1991). The transition
between frictional plastic and ductile behaviour is
dynamically determined in the models by the mini-
mum calculated shear strength, and evolves in time
and space (Fullsack 1995). The ‘frictional-ductile’ tran-
sition is a sharp boundary in the models, unlike in real
continental rocks where rocks can be brittle on one
spatial scale and ductile on another (e.g. Guermani
and Pennacchioni, 1998; Herwegh et al. 1999).

The model experiments are designed to investigate
the early stages of collision, where convergence rates
(and the corresponding Péclet number, or ratio of
heat advection to heat diffusion) are still high.
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a Model Boundary Conditions and Material Properties

Pro-
0°C Jinear —
temperature frictional” ¢ = 15°
gradient ductile (B, n, 0)
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Fig. 3 Model properties. a Boundary conditions and rheology.
Lower arrows and dots convergence of pro-mantle lithosphere
and stationary retro-mantle lithosphere, respectively, separated
by mantle subduction point S. One-layer crust has uniform fric-
tional-viscous properties. Values for various model experiments
are listed in Table 1. Translation factor between triaxial exper-
imental constant A and plane-strain pre-exponential parameter
B is 3C(+02m) 2((-m/n) (after Tullis et al. 1991). Angle of internal
friction in the Coulomb domain is lowered to implicitly include
effects of fluid pressure. Initial geothermal gradient in the mod-
els is linear at 10 or 20°C km™'. b Inset showing definition of the
non-dimensional Ampferer number (Am) as a function of the
ratio of effective crustal viscosities in the crust for a typical crus-
tal strength profile under compression (after Ellis 1996). Crustal
thickness is 4, and thickness of basal weak horizon is 4’. Bulk
average crustal viscosity and average viscosity of weak horizon,
i, and 7, are linearly averaged with depth over A and /’,
respectively, using true viscosity in ductile region and effective
viscosity (shear stress 7/2¢, where ¢ is deviatoric strain rate)
z=0 z=h'—h
in frictional region, so that 7, =% [ ndzand 7, =% [ ndz.
z=—h z=—h

h' is the thickness of a layer between the Moho and the depth
at which viscosity n=(11,1,%2.71). Am is computed for each ver-
tical column of the model. In some of the experiments, Am is
averaged horizontally to give an overall estimate, Am.

Accordingly, the models have no thermal evolution,
so that model material maintains the temperature
assigned it at the start of an experiment. Linear geo-
thermal gradients of either 10°C km™ (cold strong
continental crust) or a more average gradient of
20°C km™ are used. The lack of thermal evolution
means that results cannot be used to interpret ther-
mally mature orogens such as the India—Eurasia colli-
sion, but may be relevant to the initial stages of colli-
sion in small orogens such as the Swiss Alps and the
Pyrenees.

Erosion of surface topography is included in the
sensitivity analysis for some of the model experiments.
Erosion is modelled as a simple rate function propor-

Retro-
0 km
S Continental Crust
30 km
‘ [ ] [ ] [ ] L [ ]
* All models have Coulomb internal
angle of friction ¢=13° and implicitly
mclhude effects of ambient fluid pressure.
Muodels 5 and 6 lower ¢ to 6°
(ﬁb j'?] when total strain reaches 0.2,
(M A)

Am << 1: Crust is decoupled

from manile lithosphere
Anr == 1: Crust is attached to

mantle hithosphere

tional to the height of topography above base level
(the initial model top surface), and sedimentation is
neglected. For simplicity, thickening or thinning of the
crust as a result of collision and/or erosion at the sur-
face is not compensated flexurally as it would be in a
real orogen. Instead, the base maintains a horizontal
attitude. Isostatic compensation, if present, modifies
the magnitude of the gravitational forces opposing
crustal thickening (e.g. England and McKenzie 1982;
Houseman and England 1986; Willett et al. 1993), but
results are qualitatively similar.

Quantifying the effect of lower lithosphere subduction

If there are no localization processes operating within
the crust, the degree to which the basal boundary con-
dition influences deformation in the crustal layer
above can be estimated quantitatively using the Amp-
ferer number Am (Ellis et al. 1995; Ellis 1996). This
number is the ratio between the far-field compressive
forces or stresses operating on a contractional plate
boundary, and the local shear forces or stresses trans-
mitted from mantle lithosphere to the crust. It is sim-
ilar to, and complements, another scaling number, the
Argand number (England and McKenzie 1982; the
ratio of gravitational force operating on thickened
crust in an orogen to far-field compressive stresses).
Am can be written in terms of a length-scale and vis-
cosity ratio, where the length-scales may be derived
from the boundary conditions or from inherent model
behaviour. For model boundary conditions represent-
ing subduction of mantle lithosphere, there is no
boundary length-scale, and the Ampferer number can
be expressed in terms of the ratio of average crustal
viscosity, 7., to the viscosity of the ductile low-strength
channel just above the Moho, 7,, scaled by the rel-
ative thickness of this channel (4') to the crust. Using
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the expression from Fig. 3b, the Ampferer number
may be directly computed for a given layer. Because
effective viscosity depends on spatially varying strain-
rate, Am will vary across the model domain and will
change during evolution of the model orogen.

The magnitude of Am is solution-dependent, but
gives a quantitative estimate of the coupling between
crust and mantle lithosphere. If the crust has a very
weak ductile channel at its base, which completely
detaches it from the underlying mantle lithosphere,
the average basal viscosity 7j,<< average crustal viscos-
ity 7., and although the thickness of the weak horizon
h' increases, Am 1. For strong lower crust, no vis-
cosity minimum occurs so that &' — 0,7, ~ 7], and Am
approaches infinity. As a result, cases with Am >1
are strongly attached to underlying layers and exhibits
the asymmetric deformation pattern characteristic of
small collisional orogens. Provided the bulk strength
of crust varies only slowly across strike, analysing
behaviour in terms of the Ampferer number therefore
gives a quantitative estimate of whether a model with
a given set of material parameters, boundary con-
ditions, and geothermal gradient will behave as pre-
dicted for small collisional orogens by previous studies
(e.g. Malavieille 1984; Willett et al. 1993) or in a
detached manner such as that generally only inferred
for large, thermally evolved orogens.

Nominal results for a one-layer crust

The first two experiments shown (Figs. 4 and 5) are
an illustration of the basic behaviours of a crustal
layer under boundary conditions of mantle lithosphere
subduction. Models 1 and 2 are identical, except that
they have different initial geothermal gradients. Model
1 has a uniform geothermal gradient of 10°C km™,
corresponding to cold continental crust, and model 2
has a uniform geothermal gradient of 20°C km™ rep-
resenting continental crust with an average heat flow.
Both experiments model the crust as one homoge-
neous layer with frictional strength ¢=15° (lower than
internal angles of friction normally used for crustal
rocks, because this value implicitly takes effects of
fluid pressure into account) and ductile properties cor-
responding to laboratory measurements for ‘wet’ dia-
base (Shelton and Tullis 1981) extrapolated to crustal
temperatures and pressures and for plane-strain con-
ditions. We use the term ‘wet’ to mean that the sam-
ple was dried at a low to moderate temperature, so
that hydrous mineral phases were still present.

Figure 4 shows the main features of model 1 at the
onset of collision (Fig. 4a—c) and after 100 km of con-
vergence (Fig. 4d). Strength profiles (Fig. 4a) indicate
that crust is so cold that it remains in the frictional
regime down to its base. Focused uplift and defor-
mation above point S (Fig. 4b) results directly from
forcing by the asymmetric mantle lithosphere subduc-
tion below. The Ampferer number is very high across

the model domain, showing that the strong crustal
base remains well-coupled to its basal boundary con-
dition (Fig. 4c). After 100 km of convergence, a large,
focused plug with pro- and retro-wedges on either side
has formed directly above S (Fig. 4d). Despite the
lack of erosion and isostatic compensation in this
model, the asymmetric style of deformation and
focused thickening patterns are in first-order agree-
ment with those observed at collisional orogens such
as the Alps. However, the strength profiles are quite
unlike those predicted using normal crustal geotherms
and experimental flow-law data (cf. Fig. 1).

Model 2 (Fig. 5) is the same as model 1 except that
it has a higher geothermal gradient. As a result, the
base of the model crust deforms in the ductile regime
(Fig. 5a). Uplift is much less focused, and strain rates
are high within a ductile channel next to the Moho
(Fig. 5b). The Ampferer number is <1, indicating that
crust is partially decoupled from underlying litho-
sphere (Fig. 5c). After 100 km convergence the result
of this diffuse deformation is distributed thickening
over a wide zone on either side of the S point
(Fig. 5d), with a thin basal layer that has opposite
shear sense on pro- and retro-sides.

These simple experiments show a potential diffi-
culty in the interpretation of ‘Christmas tree’ strength
profiles in terms of crustal dynamics. Model 1 has a
very cold continental geotherm and strength profiles
are stronger than those computed using more reasona-
ble heat-flow and material properties (e.g. Fig. 1). Yet
the dynamics of this experiment correspond much
more closely to those inferred for small collisional
orogens [e.g. European Alps (Pfiffner 1992); Pyrenees
(Muiioz 1992); New Zealand Southern Alps (Walcott
1998)] than the dynamics of model 2. This model,
which has a more typical continental geotherm, has
strength profiles similar to those shown in Fig. 1, but
its dynamics correspond much more closely to the
dynamics of large orogens such as the Tibetan Pla-
teau, interpreted to be thermally mature (e.g. House-
man and England 1986; Royden 1996) than to small
collisional orogens.

Some of the previous studies that have investigated
collisional dynamics using numerical models have
avoided this problem by using only a frictional rep-
resentation of the crust (e.g. Willett et al. 1993).
Whenever ductile properties of lower crust based on
laboratory experiments are used, however, crustal
temperatures must be kept unnaturally low (e.g. Beau-
mont et al. 1994), or the ductile strength of the lower
crust has to be increased by at least an order of mag-
nitude (e.g. Ellis et al. 1999; Seyferth and Henk 2000)
to avoid decoupling like that seen in model 2. Since
the diffuse style of thickening in this model is only
observed in large hot orogens, these discrepancies sug-
gest that something in the model representations is
not correct. Either the extrapolation of laboratory
ductile flow-law data to lower crustal conditions is an
underestimate of true rheological strength, so that a
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Model 1: Diabase crust, 10°C/km, no erosion
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Fig. 4 Model 1, showing continental collision forced by mantle
lithosphere subduction for cold, one-layer continental crust.
Geothermal gradient is 10°C km™', frictional strength ¢=15°,
and ductile material values are wet diabase (Shelton and Tullis
1981). a Two selected strength profiles for vertical sections indi-
cated by dashed lines on b. Strong cold crust remains frictional
down to its base. b Second invariant of the deviatoric strain rate
tensor (shading) and velocity vectors (lines) for convergence
Ax=0 km. Maximum vector length corresponds to a velocity of
1 cm a’l. Large black dot is the velocity discontinuity point S.
Note step-up shear zones on either side of point S, and plug
uplift of crust between them. ¢ Ampferer number as a function
of horizontal location matching b, showing zone in which crust
is strongly coupled to mantle lithosphere (log Am>0). d Strain
rate and tracking grid after 4x=100 km convergence for model
1. Note the outward rotation of the pro- and retro-step-up shear
zones as a result of the development of topography

strength minimum does not occur at the base of the
crust, or the boundary conditions and rheology used
in model 2 are insufficient to reproduce dynamics of
real collisional orogens. In the next section, we con-

duct a series of sensitivity analyses to establish various
factors that may explain this discrepancy.

A preliminary sensitivity analysis
Sensitivity to material properties

Representation of lower crustal rocks by a uniform
layer with ductile properties based on one predomi-
nant mineral or rock-type is obviously a simplification
of the true complexity of lower crustal rheology. To
test the effect of using a variety of flow-law data, we
ran a series of experiments similar to those shown in
models 1 and 2 (Figs. 4 and 5) for flow-law data for
other mineral or rock compositions (Table 1). For
simplicity we only investigated behaviour for a
homogeneous one-layer crust at two geothermal gra-
dients. Crust that contains two or more layers sep-
arated by weak ductile detachments behaves in a
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Model 2: Diabase crust, 20°C/km, no erosion
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Fig. 5 Model 2, the same as the previous experiment except
with a linear geothermal gradient of 20°C km™!, representing an
average continental geotherm. Panels are equivalent to those
shown in Fig. 4, and show a much broader, diffuse style of
deformation in a strength profiles, which show a weak ductile
minimum at the base of the crust; b strain rates and velocities,
which show maximum strain rates along a weak zone at the base
of the crust; ¢ log Am<0, indicating crust decoupled from mantle
lithosphere; and d finite convergence of Ax=100 km, showing
thickening over a wide zone on either side of mantle subduction
point S

more complex manner (e.g. Beaumont and Quinlan
1994; Batt and Braun 1997), but still preserves a signa-
ture of mantle lithosphere subduction, if coupling
between lower crust and mantle lithosphere is strong.
Figure 6 shows the result of the sensitivity analysis
in a plot of the Ampferer number averaged across
strike versus mineral type for geothermal gradients of
10°C km™ (squares) and 20°C km™" (polygons). Poly-
gons with arrows have Am approaching infinity, which
occurs when no strength minimum occurs at the base
of the crust. The exact Am values in these cases are

not significant, but indicate that crust is strongly cou-
pled to underlying mantle lithosphere. A variety of
crustal mineral and rock types were selected for the
analysis, as well as one mantle lithosphere mineral
(wet olivine; Table 1). Most laboratory experiments
on lower crustal rocks have been carried out on using
‘wet” samples containing hydrous phases (e.g. Shelton
and Tullis 1981), whereas samples dried at high tem-
peratures are generally much stronger (e.g. Mackwell
et al. 1998). We have included both wet and dry data
in our sensitivity study to indicate how lower crustal
strength may vary by several orders of magnitude
depending on whether hydrous or dry conditions are
present.

The sensitivity analysis clearly demonstrates that
strong crust-mantle lithosphere coupling (log Am >0)
only occurs for cold continental crust, for ultramafic
rocks, or for rheology based on dry rock samples.
Minerals that are normally inferred to be dominant
for lower crustal compositions (hydrous feldspar, cli-
nopyroxene and diabase) exhibit decoupled behaviour
for more typical geothermal gradients of 20°C km™.



Table 1 Model flow-law parameter values investigated. Power-
law ductile flow-law: (o —63) = 2B ¢ (/" exp(Q/nRT) where
(0,-03) is stress difference, ¢ deviatoric strain-rate; B pre-expo-
nential constant for plane-strain; Q activation energy; n power-
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law exponent; R gas constant; 7 temperature. The translation
factor between triaxial experimental constant A and plane-strain
pre-exponential constant B is 3(-(*+1/202(1=n/") (Tullis et al.
1991)

Mineral/rock type A Q B Source
(MPa™s") (kJ mol™) (MPa s'™)
Quartz (wet) 2.91x1073 151 1.8 8.018 Jaoul et al. (1984)
Feldspar (wet) 3.27x107 238 32 3.710 Shelton and Tullis (1981)
Diabase (wet) 2.02x107* 259 34 3.677 Shelton and Tullis (1981)
Diabase (dry) 8.00x10° 485 4.7 0.191 Mackwell et al. (1998)
Pyroxene (wet) 1.58x10! 335 2.5 0.101 Shelton and Tullis (1981)
Olivine (wet) 4.20x10? 498 4.48 0.077 Chopra and Paterson (1981)
model 2 (Fig. 5), but this time the position of the fric-
4 = = = tional-ductile transition (dashed line on upper panel)
coupled and the total strain (lower panel) are illustrated.
3 - [ The contrast between the cases with no and near
. [ | Q o total erosion is apparent (Fig. 7a versus c). Exhuma-
| = 2 [ tion of uplifted material in the latter experiment
< 1 advects isotherms upwards near the § point and, as a
\;"D O result, the strain becomes more localized in the core
=l O of the orogen with increasing convergence. This
® Q creates a crustal-scale shear zone rooting into § and
-1 d led suppressing detachment of model lower crust like that
’ ccouple seen in Fig. 7a. Total strain near S is high, and the

| | I I | |
gz(w) fsp(w) db{w) px(w) db(d) ol(w)

mineral/ rock type @ 10°C/km
w=hydrous phases present O ZDOC’,fkm

d=dried at high temperature

Fig. 6 A sensitivity analysis, using ductile material constants
based on different assumed mineral compositions for a one-layer
crust. Results are shown for cold crust (10°C km™, squares) and
crust with an average continental geotherm of 20 °C km™, hexa-
gons). qz Quartz; fsp feldspar; db diabase; px pyroxene; ol oliv-
ine; where material parameters in each case are taken from the
sources shown in Table 1. w and d refer to hydrous and dry
samples, respectively, where ‘dry’ means dried at a high temper-
ature. Arrows on upper squares indicate values for log Am that
are so large that they plot out of range of figure

Unless flow-law parameters from laboratory measure-
ments strongly underestimate strength of the lower
crust, other effects must be responsible for the model
discrepancy. We investigate some of these effects
below.

Sensitivity to erosion

Model experiments 1 and 2 and those summarized in
Fig. 6 have no erosion of surface topography. Erosion
has been shown to have a major effect on the style of
continental dynamics in other model studies (e.g.
Beaumont et al. 1992; Willett 1999). Figure 7 illus-
trates the effect of erosion in a comparison between
three experiments with negligible, moderate, or near
total erosion of topography after 100 km of conver-
gence. The model shown in Fig. 7a is the same as

frictional-ductile transition is very close to the surface.
Although these models have no thermal evolution,
Fig. 7c (model 4) indicates that when rates of com-
pression and erosion are high in comparison to the
characteristic thermal relaxation time, elevated tem-
peratures, heat flow and ductile flow will occur very
close to the surface. Similar model experiments that
include thermal evolution also show this effect (Batt
and Braun 1997). The results for moderate erosion
(Fig. 7b, model 3) are intermediate in terms of the
degree of detachment of lower crust from mantle
lithosphere and the extent of crustal deformation, but
still clearly show the role of erosion in focusing strain,
especially within the upper (frictional) crust.

The effect of erosion is a form of inherent local-
ization resulting from the upward advection of iso-
therms. Strength profiles for two positions on either
side of S (Fig. 7) demonstrate how the ‘Christmas
trees’ predicted using dynamic models are more heter-
ogeneous as a function of position for higher rates of
erosion and exhumation. Because samples of lower
crust are often taken from regions that have expe-
rienced orogenic activity and that show pervasive duc-
tile deformation, the contrast between strength pro-
files over a distance of only 30 km (e.g. Fig. 7c)
indicate that strength estimates for lower crust derived
from these rocks may not be representative for lower
crust in general, and that large variations in strength
are to be expected as a result of the deformation and
localized exhumation (Royden 1998).
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a Model 2: no erosion ( ¢ = 15°, diabase crust, 20°C/km)

Frictomal-ductile runsition

M (i)

100 km convergence Pl g (N

== tracking grid and
frictional strength

depth (km )y

log (finite strain)

30 kam

- —-

— - —‘ - -

. -~
o e akeme) [T

100 km convergence

tracking gnid and = =
frictional strength

degth (i
depth

log (finite strain)

>

¢ Model 4: same as model 2 but with total erosion

frictional-dnctile transit

Fig. 7 Comparison between models with different amounts of
erosion after 100 km convergence. All have a one-layer crust
with frictional strength ¢=15°, wet diabase ductile properties,
and a geothermal gradient of 20°C km™'. a Model 2 (as for
Fig. 5), showing tracking grid with the frictional-ductile transi-
tion (dashed line) superimposed. Lower panel shows log (total
strain). No erosion creates excess topography and trigger detach-
ment between crust and lower layers (high strain zone at base of
crust). b Same as model 2 but with moderate erosion of topogra-
phy proportional to base level. ¢ Same as model 2 but for near
total erosion of topography. The upward deflection of the fric-
tional-ductile transition near the mantle subduction point § is
accompanied by a zone of high strain. Style of deformation is
very asymmetric, with strain concentrated along the retro-
step-up shear zone. All three models have two representative
strength profiles shown at side, where vertical co-ordinate is
depth relative to position of initial (unthickened) model surface.
(Location of profiles indicated by vertical arrows and roman
numerals at bottom of figure)

Sensitivity to strain localization in the upper crust

Strain localization may also occur as a result of rheo-
logical strength changes during deformation. For
example, high strain zones within the frictional
domain may experience a reduction in strength (strain
softening) because of fluid weakening, dilatancy or
other rheological changes. Strain softening during duc-

Lok rmas) (MFa) Top e stieas) (3F)

100 km convergence

tracking grid and g B
frictional strength g_ g

log (finite strain)
log ifinite strain)

-1 -.t-i -.*IJ () _13 &7

tile deformation may occur because of grain size
changes and/or changes in deformation mechanisms.
Although the relationship between material softening/
hardening and localization and its significance for bulk
crustal strength is not clear and is the topic of ongoing
research (e.g. Jin et al. 1998; de Bresser et al. 1999;
Hobbs et al. 1999; Rubie et al. 1999), we present one
simple example to illustrate the effects of localization
resulting from strain softening. We have chosen an
arbitrary approach where frictional strength is reduced
suddenly at a strain threshold of 0.2, from the nominal
value of 15° to 6°. The area with reduced frictional
strength is shown on the upper panels of the model
experiment (Fig. 8) after 50 and 100 km convergence.
Two observations are immediately apparent when
comparing the result of model 5 with the case with no
strain softening (model 2, Fig. 5). First, the position of
the frictional-ductile transition is deflected downwards
within the strain-softened region, because frictional
yield strength is reduced. Second, strain is much more
focused than for the case with no strain softening.
Rather than a continuous pro-shear zone, which grad-
ually thickens crust in a distributed manner, the shear
zone remains focused within a strain-softened region
until advection of material retro-wards causes shear to
jump into incoming undeformed pro-crust. This
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Model 5: Effect of Frictional Strain Softening

60% softening of frictional strength after strain = 0.2

tracking grid and
frictional strength

30 km
-

log (finite strain)

— —a

tracking grid and
frictional strength

log (finite strain)

Fig. 8 A model demonstrating the effect of frictional strain sof-
tening. All other parameters are identical to model 2 (Fig. 5),
and there is no erosion. An arbitrary strain softening after strain
reaches value 0.2 reduces the internal angle of friction from 15°
to 6°. Area of strain softening is indicated by unshaded region
on upper panels after a 50 km and b 100 km convergence. The
lower panel in each case shows log (total strain). Grid and strain
plots show a progressive jumping of the pro-shear zone away
from the model orogen as material is advected towards S. Strain
is highest on the base and retro-step-up shear zone. The friction-
al-ductile transition is deflected downwards within the strain-
softened areas

creates an episodic thrust style, similar to that
observed for sandbox experiments with a weak base
(e.g. Mulugeta 1988) and in numerical models which
have included effects of dilatation, cohesion and strain
softening (e.g. Mikel and Walters 1993; Sassi and
Faure 1997). Retro-shear remains focused in the same
region, where deformation becomes relatively local-
ized. Although some detachment between crust and
underlying layers still occurs, the deformation is much
more focused above S than for model 2, and it would
be easier to distinguish the mantle subduction signa-
ture within the crust in this case.

The effect of strain softening combined with mod-
erate erosion is capable of producing an even more

log (finite strain)
-1 -67 -33 0 .33 .67
softening
threshold

focused model orogen (model 6; Fig. 9). In this case,
the outward stepping of the pro-shear zone caused by
the effects of thickened crust is suppressed. Instead,
an intense retro-shear zone develops along which
lower crustal material is exhumed at the surface.
Crust-mantle detachment is also suppressed compared
with models 2 and 5. Because the model does not
include thermal equilibration, the frictional-ductile
transition is almost exposed at the surface after
100 km convergence.

Discussion and conclusions

The asymmetric, focused plug uplift seen in small col-
lisional orogens such as the Swiss Alps has been
explained by previous studies as a direct result of
motion in the underlying mantle lithosphere (e.g.
Malavieille 1984; Willett et al. 1993). However, we
have shown that for average continental geotherms,
model lower crust with ductile flow parameters taken
from laboratory experiments will detach from underly-
ing mantle lithosphere and will not form a focused
region of uplift, unless some localization factor is
present. In the Alps, lower crust remained attached to
mantle lithosphere and has been subducted. Upper
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Model 6: Effect of Frictional Strain Softening and Moderate Erosion

a 50 km convergence ¢

60% softening of frictional strength after strain = 0.2

tracking grid and
frictional strength

30 km
B . ol

log (finite strain)

tracking grid and
frictional strength

log (finite strain)

log (finite strain)
-1 -67 -33 0 33 67

Fig. 9 The combined effect of frictional strain softening and
moderate erosion of topography proportional to height above
base level. The experiment is otherwise identical to model 2
(Fig. 5). Upper panels show grid and frictional-ductile transi-
tion, and lower panels log (total strain), after a 50 km, and b
100 km convergence. Frictional-ductile transition is progres-
sively advected towards surface. Strain is more focused than for
the moderate erosion case with no frictional strain softening
(Fig. 7b)

crust detached, but does not exhibit diffuse straining
as seen in model 2 (with no denudation). Instead,
upper crust deformed in a localized fashion like mod-
els that include denudation (e.g. model 4) and/or other
forms of strain localization (e.g. models 5 and 6).
Comparison between observations and these simple
models suggest that either extrapolation of laboratory
measurements for lower crustal minerals and rocks to
crustal conditions underestimates average strength of
lower crust, or focused plug uplift is not only a result
of lower lithosphere subduction, but rather caused by
a combination of underthrusting of lower lithosphere
and other factors that promote localization. As in pre-
vious studies, we suggest that denudation plays a
major role in the preservation of mantle subduction
signature in the crust. Further, we suggest that if cur-

sufbelu:'.ug
threshold

rent estimates of lower crustal rock strengths are cor-
rect so that a strength discontinuity is present at or
near the Moho, Alpine-style orogens would not exist
without the presence of syn-tectonic erosion and strain
localization. Collisional plate boundaries would
instead be diffuse zones of crustal thickening with lit-
tle surface expression.
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