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Abstract

Few Arctic forefields have been studied previously for their role in soil formation and in the
carbon cycle. Yet, despite their prevailing polar climate, their soils may develop quickly and
be extensive. Rock water residence times are prolonged in glacial tills that contain a rock flour
component with high surface area and reactive that amasses in the forefields of glaciers as they
retreat. Rapid sulfide oxidation and carbonate dissolution could be a potential CO, source to
the atmosphere, while silicate-weathering and soil organic carbon accumulation a CO; sink.
The extent of these sink-source reactions, and the soil forming processes that affect these, were
tested over a century of Arctic forefield soil formation. In young, subglacial till-based moraine
soils, the rapid depletion of accessory sulfide and carbonates minerals in the initial, and up to
about 60-years of exposure, reflected widespread sulfide oxidation and carbonate dissolution.
Defining young forefield soils as a potential transient CO, source to the atmosphere, since
potential CO, sinks, namely calcium silicate mineral weathering and soil organic carbon
accumulation were retarded, and limited to the older moraine soils. The slow onset of biological
evolution in Arctic forefields and proton consumption by carbonates, present in the forefield
lithologies, are suggested as the principal reasons for the limited silicate weathering and in turn
soil formation. The results from this thesis may have new implications for the carbon cycle.
Given glacial-interglacial cycles that have waxed and waned throughout Earth history, and
carbonate and sulfide minerals are common in most lithologies made up of low to medium
grade metamorphic and metasedimentary rocks. However, higher resolution temporal (diurnal
to seasonal) and spatial field studies are needed in-order to more confidentially up-scale these

findings beyond a glacier catchment scale.
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Chapter 1 . Introduction

This chapter gives a general view on the importance of Earth’s soils and how they are changing
under contemporary climate change. Combined with the literature review (Chapter. 2), it also

details the hypotheses, aims, objectives of this thesis.
1.1 Background

Soils are important commodities on Earth as they provide services to the entire ecosystem.
They control our water and food security, climate and nutrient supply. Unsurprisingly, soils
fall within the global policy remit, and maintaining them is one of the major challenges
humanity faces. Unfortunately, the health of Earth’s soils is under threat as the population rises
and demands on them increase at the same time as environmental changes are causing
widespread degradation and losses (Banwart, 2011). Although the causes of this are complex,
Earth’s 0.8 °C rise temperature since 1880 (pre-industrial) is certainly one to be accounted for
when looking at soils sustainability (Hansen et al., 2010). The urgency of understanding
climate change in relation to soil is indicated by the exponential growth of publications since
1970’s. In addition, soils are mentioned indirectly as one of the pressing issues facing Earth’s
climate in the latest scientific report on International Climate Change (Chapter on Carbon and

other Biogeochemical Cycles; Stocker, 2013).

Under Earth’s current climatic conditions, warming is predicted to intensify over the next
century and this has implications for precipitation events (Fig 1.1). In some regions, raised
temperature-induced lower annual rainfalls increase the need for irrigation and the potential
risk of soil salinization (Rengasamy, 2006). Moreover, drought conditions can lead to
desertification and dust bowl conditions, e.g. American Great Plains 1930’s (Schubert et al.,
2004). Raised temperatures increase the variability, frequency and intensity of rainfall and
storms which can lead to increased soil erosion (Stocker, 2014). In-situ soil warming causes
increased biological activity that changes soils carbon stocks and functions. For example,
warming can accelerate enzymatic biodegradation through increased soil biological activity,
which in turn aids soil fertility. This may in turn further promote the growth of carbon biomass
through photosynthetic organisms that further capture atmospheric CO,. However, this process
leading to bettered soil fertility is often at the cost of soil CO, emission to the atmosphere. If

soil carbon stocks are depleted without being replenished, the shift in equilibria may degrade



the soils’ functionality and sustainability (Leheman and Kelber, 2016; Davidson and F, 2006).
This summary shows not only that soil environments are intrinsically and extrinsically sensitive
to climate, but that the carbon balance, input, and storage can dramatically affect atmospheric
CO; concentrations that control Earth’s temperature. The changes to climate and soils are

spatially and temporally variable across Earth’s surface, Figure 1.1.

Observed change in average surface temperature 1901-2012 and precipitation 2051- 2010
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Figure 1.1. Observed and predicted changes in average surface temperatures and
precipitation. Note: the regional variability, lack of observations in polar regions and thus
uncertainty, in addition to Earth’s ‘Arctic Amplification’ under scenarios RCP 2.6 (low
emissions) and RCP 8.5 (high emissions). For each emission scenario breakdown, see
Appendix A, Table Al.

As soils are intrinsically linked to the global carbon cycle, they play a major role in the function
and wellbeing of planet Earth. Carbon is found in two forms, organic and inorganic, although
within the carbon cycle these are readily interconverted. The total terrestrial carbon pool is

3,175 giga tonnes (GT), of which 2,500 GT is stored in the soil. This is the second largest, only



the ocean, with a size of about 38,400 GT of C, mostly in inorganic form, is larger (Houghton,
2007). The soil pool is ~3 times larger than the atmospheric pool (800 GT) (Oelkers & Cole
2008; Lal, 2008). Around 1550 GT carbon is stored as soil organic matter (SOM), whilst living
biomass and inorganic carbon represents 950 GT. Inorganic carbon is contained primarily
within calcareous rocks, (e.g. limestone and dolomite) and their carbonate minerals (e.g. calcite
and dolomite) (Lal, 2008). Soil carbon functions that lead to carbon being transferred to
different carbon cycle pools, requires continual monitoring. Firstly, because soils and their
health are highly sensitive to climate a small change can result in a rapid and large transfer in
carbon from one pool to the other. Secondly, the soil carbon pool exerts a strong control on the
global mass of atmospheric C and on the delivery of dissolved carbon (organic or inorganic) to
lakes and rivers. These combine to affect the production and storage of greenhouse gases and

nutrient potential in a closed loop feedback that results in amplification of temperature change.

The warming of Earth and soils are highly spatially and temporally variable. One region
identified as being amongst the most prone to change is the Arctic. This has led to the notion
of ‘Arctic amplification’, as unprecedented climatic changes have, and are being observed here
(e.g. Serreze and Francis, 2006). The effects of Arctic amplification on sensitive Arctic
ecosystems alone remains a pressing issue that is not well quantified. This effect is further
exacerbated because an estimated 50% of the soil carbon stocks on Earth are found in Arctic
soils, yet we have very little quantitative knowledge about it (Tarnocai et al., 2009; Hugelius

etal., 2014).

In general, soils in high latitude ecosystems have large quantities of C stored in unglaciated
and deglaciated regions, laid down before and after the last glacial maximum (Zimov et al.
20064, b; Harden et al. 1992). Carbon accumulation is considered to have arisen through the
sequestration of organic carbon in newly exposed soils during deglaciation of the Laurentide
Ice Sheet. Prevailing cold and wet soil conditions during this period inhibited decomposition
of dead plant tissue that enters the soil organic matter pool (Kirschbaum, 2000; Zimov et al.
2006a, b; Harden et al. 1992). Whilst Arctic amplification intensity in recent decades could
lead to carbon mineralization of these accumulated stocks, studies continue to suggest that
Arctic tundra soils have acted as a sink for atmospheric CO,. These estimates are constantly
being re-evaluated as new data emerges. The latest mean estimate from various process-based
model simulations highlights a substantial uncertainty in the range of estimates of soil C stored

in high-latitude regions (McGuire et al., 2012). In addition, pan-Arctic soils observation, that



constrain model simulations, show significant spatiotemporal shifts in soil C, and whether they
are CO; are sinks or sources (Corradi et al. 2005; Kwon et al. 2006, Schuur et al. 2009; Lloyd
2001; Soegaard et al. 2000, Groendahl et al. 2007; Aurela et al. 2004, Johansson et al. 2006).
A solution to these uncertainties was identified as better spatial and temporal coverage of Arctic
soils C monitoring across strategically located terrestrial Arctic ecosystems (McGuire et al.,

2009; McGQuire et al., 2012).

One re-emerging area of interest over the last two decades is newly forming soils in glacial
forefields occurring in response to regional warming and deglaciation (Anderson et al., 2000;
Bernasoni et al., 2011; Marvis et al., 2010). Unlike the vast amassed literature on Arctic tundra
soils, and how they are responding to climate change, considerably less is known about newly
forming soils in glacial forefields. This is surprising, since accumulation of organic carbon in
response to glaciation is responsible for the vast amounts of carbon stocks found in the tundra
(Kirschbaum, 2000; Zimov et al. 2006a, b; Harden et al. 1992). Perhaps, the obvious reason for
this is that newly forming glacial forefields soils are typically mineral rich, and therefore,
contain orders of magnitude less organic carbon compared to that stored in tundra permafrost
soils (frozen for two consecutive years). Despite this, mounting evidence suggests that young,
developing mineral soils in glacial forefields can significantly promote or attenuate carbon
storage, through the rapid transfer of not only organic, but also inorganic carbon to and from
the atmospheric and hydrological carbon pools (Anderson et al., 2000; Smittenberg et al.,
2012).

It seems this is largely a result of the properties and weathering processes that occur in
glacially-derived tills from which forefield soils form. Glacial tills weathered in subglacial
environments are known to consist of an abundant ‘rock flour’ component with a high specific
surface area and reactive sulfide and carbonate minerals (Tranter et al., 1993). The presence of
subglacial till in forefields, combined with their long residence time, and the fact they are
subjected to flushing with dilute meteoritic and glacial waters is believed to be a factor that
enhances chemical weathering rates, and with this soil formation (Marvis et al., 2010). Yet,
little attention has been put on distinguishing between subglacial and other till types from
which soils form in forefields. This is a problem because each till type has its own physical and
chemical properties, thus reactivity and weathering. Furthermore, soil organic carbon within
Alpine forefields soils have been shown to accumulate as ecosystem biomass develops

(Bernasoni et al., 2011). However, these organic carbon forms are highly sensitive to climate



change, responding rapidly with variations in growth of the biomass or the biodegradation of
such newly formed soil carbon (Smittenberg et al., 2012). Similarly, Arctic forefields are also
likely to respond to the unprecedented temperature and precipitation changes (Serreze and
Francis, 2006). The lack of Arctic forefield studies, and data derived from such proglacial
environments, means the role of organic carbon in these settings is largely unknown. This is
surprising, since retreat of glacial forefields, from the last maximum, would expose a large
proportion (28%) of the terrestrial land mass in the Northern Hemisphere (Gibbs and Kump.,
1994). Their retreat would certainly have a major role on the Arctic’s, and possibly also global

carbon cycle.
1.2. Thesis hypothesis, aims and objectives

The hypothesis, aims and objectives have been developed by considering the gaps in

knowledge identified in the Chapter 2 Literature review, and are as follows:

Hypothesis: Young soils forming from subglacial till “parent material’ in forefield's weather
through a combination of rapid sulfide oxidation and carbonate dissolution. This delays the
onset of silicate-weathering and soil organic carbon accumulation, defining these zones as

potential transient CO; sources to the atmosphere.

Aim 1: To test this hypothesis, the extent of biogeochemical reactions that occur during the
initial stages of soil formation in the deglaciating High- Arctic forefield, Midtre Lovénbreen,
Svalbard were identified and assessed. With this information, the potential for such glacial tills

to be sources or sinks of atmospheric CO, was evaluated.

To meet this aim, the following objectives were defined:

Objective 1. Conduct a detailed forefield evaluation and sampling campaign along
transects to create a soil chronosequence from the glacier snout to the furthest Little Ice Age
(LTA) moraine. In this way, any trends of gradients in chemical and physical parameters can
be plotted and analysed as a function of moraine age, in a statistically relevant manner, taking
the inherent spatiotemporal heterogeneity of the soils forming in glacial forefields into

consideration.



Objective 2. To compare and contrast chemical and physical properties of two
macroscopically identifiable till types (supraglacial and subglacial) and evaluate how each till

type affects chemical weathering processes.

Objective 3. To determine, and quantify, forefield weathering modes and their
dominance in the forefield using bulk elemental (major, minor and trace) and stable carbon
isotope analyses of all samples. Carry out a thorough regression and stoichiometric mass
balance analysis to evaluate the strength of empirical relationships, and their statistical

significance with respect to weathering and soil formation in the samples.

Objective 4. To combine all the above results, assess the dominant spatiotemporal
weathering reactions, and evaluate whether over a century of forefield-forming chemical
weathering and soil processes, High Arctic glacial forefields are potential atmospheric CO;

sinks or sources.

Aim 2: Derive an integrated understanding of soil organic carbon dynamics in different Arctic
forefield environments: 1x High-Arctic and 2x sub-Arctic to understand how the Arctic
warming trends could be affecting organic carbon dynamics in these temperature sensitive

environments.

To achieve this aim, the following objectives were made:

Objective S. Use a regression model to determine if organic carbon and calculated SOC
stocks accumulate as a function of moraine age. Combined with stable carbon isotopes
measurements of the signatures of bulk surficial soils develop an isotopic mixing model to

constrain isotopic end members along a mixing line.

Objective 6. Formulate a carbon budget to account for major relative shifts in
microbial, plant, or kerogen contributions, and combine with other chemical elemental data
(i.e. iron and phosphorus speciation) to evaluate any relationship between organic carbon and

other weathering parameters in the newly formed soils.

Objective 7. Use data sets from the various forefields, and combined with in-situ field

and soil property data, as well as existing data (ecological, modelling, biogeochemical, and



metrological and climate) and evaluate, if possible, a cumulative mass of soil organic carbon

stocks and rates of dynamic changes over a century of soil development.

Aim 3: Combining all the above, develop insight into the biogeochemical weathering processes
during the initial stages of soil development, and assess if they are potential CO, sinks or

sources to the atmosphere.

1.3. Thesis outline and structure

This introductory chapter is followed by a literature review in which the existing knowledge
base is evaluated. This was crucial in identifying research gaps and helped to develop research
areas and ideas leading to the hypotheses, aims and objectives described above. In Chapter 3,
the study areas are described in detail along with the methods employed: field, analytical and
statistical approaches. In two longer Chapters, 4 and 5, the main results of this thesis are
outlined. The wide range of data sets generated were analysed and interpreted using appropriate
computational methods. This was discussed with, and deemed appropriate, by my thesis
supervisors. In Chapter 4 empirical relationships between carbonate vs. silicate weathering
were evaluated. The role of sulfide oxidation in driving weathering in subglacial or supraglacial
dominated glacial tills in the forefield of Midre Lovénbreen in Svalbard was also assessed.
These processes were selected as each can act as an atmospheric sink or source of CO; in
glacial and non-glacial terrain to help with Aim 3. Chapter 5 focuses on organic carbon
dynamics in response to soil formation in newly deglaciating terrains: one High-Arctic, and
two Sub-Arctic. Comparing the results from both bulk stable carbon isotopic analyses with a
carbon mass balance enabled the determination what carbon sources, pedogenic processes and
factors drive organic carbon dynamics. Furthermore, carbon stocks and rates were calculated
as a function of moraine age. These results were then compared to other Arctic and non-Arctic
forefields to reveal if soil organic stocks are comparable, and whether they have similar
accumulation functions over the same order of soil formation. Chapters 6 and 7 contain a
combined summary and general conclusions about the work presented. Some knowledge gaps

have been identified that could form the basis of future studies.
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Chapter 2 . Literature Review

The earliest glacial forefield studies are from Crocker et al. in 1955. These link chronological
developments of soils and ecosystem growth to carbon dynamics and subsequently climate.
Nearly half a century later, in 1992, Harden et al. proposed that soil-ecosystems can develop
negative feedbacks, causing atmospheric CO, drawdown and carbon storage in response to
warming-induced deglaciation (Fig. 2.1). The authors of this paper emphasised that a clear
understanding of all processes in these complex systems is seriously hampered by the lack of
data. Furthermore, that time-series data and process-based studies would greatly benefit our
knowledge. Since then, researchers have reported a number time-series and process studies
with a unified view that soil development in a deglaciating environment can act as CO, a sink.
The studies are based predominantly on findings in Alpine environments. There is a lack of
spatial context, with worryingly few studies in Arctic forefields where Earth’s average
warming trend is most amplified. This is particularly crucial, since up to ~28% of the modern
land surface in the Northern Hemisphere may have been subjected to proglacial conditions at
some stage during deglaciation following the last glacial maximum. The little data there is
suggests that biogeochemical weathering processes during the initial stages of soil
development could act either as a potential CO, sink or source to the atmosphere and

hydrosphere. (Gibbs and Kump, 1994).

|Glacier ice

[ Bedrockand glacial till

Rocks, gravel, sand, and glacial flour

Larger silt and clay fractions
Thin organic surface layer

Developed soil with distinct soil layers

Soil microorganisms, lichens, shurbs and trees
pioneer plants

i | . . Chemical and mechanical weathering,
Primarily mechanical and chemical weathering Bt eIy more biological weathering

Increasing time since deglaciation

Glacial domain microorganism and algae

>
>

Potential carbon dynamics e.g. CO, sink or source?

Figure 2.1 The classic model of the general characteristic of soil development along a glacial
foretield chronosequence typical of forefields in Alpine environments. Whether this holds
true in relation to the carbon cycle in Arctic forefields, is addressed in this review.

2.1. Soil, processes and its formation

Soils are typically composed of solid (50% w/w), liquid (20-30% w/v) and gaseous (20-30%

v/v) phases. The solid phase can be further divided into the mineral (45% w/w) and organic
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(5% w/w) fractions. The organic fraction is comprised of fresh and partially decomposed plant
and animal tissues, and biomass. The mineral fraction is composed of primary and secondary
minerals including most silicates, and particularly clay minerals and other oxides (Ellis and

Mellor, 1995).

The definition of a soil is being continually updated as new scientific advances are made. For
many geochemists and soil scientists this is often a personal definition based on experience,
however, one recent definition that has sustained traction is “a soil is the integral and central
unit of the critical zone, the thin surface layer that extends from the top of vegetation to the
bottom of groundwater circulation and supplies humans with most life-sustaining resources”
(Brantley et al., 2007; Anderson et al., 2004). To this end, other ecosystems benefit from a soil
ecosystem and vice versa (Amundson, et al., 2007). As a soil contains life, and where there is
life there is carbon, a soil is intrinsically linked to the global carbon cycle; modulating
biogeochemical weathering reactions that control climate (Melillo et al., 2002). A more
systematic perspective defines soils as a system, (Fig. 2.2). Like every system, soils consist of
additions (inputs) transformations, transfers (process/functions) and /osses (outputs). In other
words, soil is a reactive layer that mediates the flow of energy, mass, and biodiversity. These
inputs transform the soil system and generate output flows to groundwater, vegetation and the
atmosphere, while laterally replenishing surface waters (Banwart et al., 2017). This highlights
the complex continuum of actions and interactions in soil, however, for simplicity, hereafter,
soil formation processes (also called pedogenesis and soil development) will be discussed as
additions, transformations, transfers and losses. The focus is on the former two processes, and,
in the context of soil formation, factors in glacial forefields. Soil forming factors are: climate,
biota, topography, parent material, time, (Eq. 2.1)(Jenny, 1994), with the more recent addition

of anthropogenic soil management practices.

Factors of Soil Formation S = f(cl,o0,7,p,t,m...) Equation 2.1.

cl = climate the chemical breakdown of the p is influenced by heat and cold, ice formation,
wind etc.

o = biota (eukaryotes & Biota activity- roots bind soil particles, and cleave rocks, whilst animals burrow

prokaryotes) into the soil and mix the various components including organic matter from
decaying organisms, mineral particles and chemicals produced by physical -
chemical and biological activity in the soil.

7 = topography - i.e. slope and land form
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p = parent material - 1.e. lithological physical and chemical properties
¢t = time - the time soil is exposed to weathering, soil forming processes influences soil
properties
m = management (or mis-management) by people - ploughing, fertilising etc.
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Figure 2.2. A schematic diagram from a layered modelling prospective of a newly forming
soil in a glacial forefield and the theoretical transfers and their direction through the soil
system in the context of the critical zone. Inputs (additions) feed the soil weathering and

biological production engine (transformation) leading to outputs (losses) that delivery
nutrient to downstream ecosystems or release dissolved or gas phase carbon species to the
hydrological and atmospheric system. *Vertical transfers in the water table (blue hashed
arrows) control both additions and losses to a soil. This is dependent on the prevailing water
table level influenced by the extent of permeability permafrost (if present) and bedrock layers
below a soil. While atmospheric vertical transfers (black hashed arrows) can lead to gas
emission or capture depending on system equilibria, controlled biogeochemical reactions in
the soil engine. Note: size of the arrow is not proportional to quantity. Modified from
Banwart et al., 2017.

2.2. Glacier forefields as natural laboratories for understanding soil
formation and carbon dynamics

Glacial forefields are ideal natural laboratories and of great importance for understanding time-
dependent biogeochemical weathering reactions and soil forming processes. This is because
laboratory experiments often struggle to replicate the subtle changes in intrinsic and extrinsic
weathering environments for minerals such as silicates that weather slowly over long-time

scales (White and Brantley, 2003; Hodson et al., 1998). They are also useful because of the
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short-long term response in the SOM pool to environmental changes (Smittenberg et al., 2012).
As glaciers retreat the moraines are deposited. These can be dated using satellite imagery and
historic aerial photographs (up to approximately a century; Huggett, 1998; Bernasconi et al.,
2011), or radiocarbon dating (up to <50,000 years; Hodkinson et al., 2003; Coleman, 2012). A
chronosequence links distance to time, and infers a temporal trend of a set of sites at different
spatial positions. These are sampled at the same time, and can therefore be used to resolve
weathering reaction rates and soil evolution at short (annual, bi-annual, decadal), and long-
term (century, thousand), time-scales (Huggett, 1998; Egli et al., 2001) (Fig. 2.3). This
approach only provides a snapshot of the intergraded effects on the complex processes that
govern soil evolution. So, without extensive sampling at suitable spatial and temporal

resolution, rapid changes could be missed, for example seasonality.

Despite the heterogeneities manifested in glacial forefields and some of their tills, biological,
chemical and physical patterns and gradients are observed at all scales (Bernasconi etal., 2011).
This is due to an additional benefit of the time-space sequence approach that enables
independent replicates to be collected in co-aligned transects to increase reliability. This is one
of the reasons large multidisciplinary teams have adopted this approach as part of major
projects i.e., Swiss Big Link Project as part of the Critical Zone Observatory international
initiative (Bernasconi and Big Link Project, 2008; Banwart et al., 2012). This approach is
commended, as significant scientific advancements have been achieved from these projects.
The Big Link project assessed processes around the forefields in the Damma and Morteratsch
glaciers in the Swiss Alps. The study provided an outstanding example of how such approaches
could better quantify soil-forming processes in natural settings. The results from these
observatories offer a unique, well-constrained and valuable opportunity for parametrisation,
modelling and up-scaling. However, problems arise if the results are inappropriately applied to
those outside the scope of the specific Alpine soil (see also section 2.1 & 2.5)(Jenny, 1941;
Schmidt et al., 2011). This is because erroneous results and cross-correlations might be derived.
For instance, it has been suggested by Smittenberg et al., 2012 that soil and ecosystem carbon
dynamics in the Damma glacier forefield could be applicable to those in the Arctic. Although
in some ways Alpine forefields are analogous to those in the Artic due to their high altitude,
fundamental differences in climate, biology and other soil forming factors (e.g. those proposed
by Jenny, 1941) are apparent (Table. 2.1). Furthermore, in-depth empirical studies from Arctic
glacial forefield perspectives are required to better understand their soil formation and carbon

dynamics.
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Figure 2.3. Example of an atypical glacial forefield natural laboratory used for in-depth soil
development studies, in this example shown is the most well-studied forefield of the Damma
Glacier, Swiss Alps. Modified from Bernasconi et al., 2008.
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Table 2.1 Characteristics that affect soil forming factors from an array of globally notable glacial forefield observatories

. . Glacial till .
Locale Deglaglatlon Lat1t}1 de & Lithology and bedrock Till Types Prevailing Climate Forefield Biome and Vegetation
Period Altitude . Topography
characteristics
Forefield name (vears) (°) (m asl) (Majr Z’;]:Ot;];fsjoup ’ lgiug"z:;) )
High-Arctic
“Polar
Mean annual
precipitation 1979-
2006 was about 430 “Polar desert
“Metasedimentary mm, relatively high Growth season: late June to mid-
chlorite-mica-schist when compared toother *® Undulating August
marble *Considered to be records from moraine Vegitation:
1 . 77, N quartzite polymineral and “Supra, En, Spitsbergen. complex: fluted Lichens (12 hens (12 yrs)
Werenskiold 0to 80 . . . . .

25-75 conglomerates relatively Sub The mean annual air moraine, changing Saxifraga
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2.3. Glacial forefield rock heterogeneities and how they affect soil
formation

Pioneering non-glacial forefield soil development studies have provided evidence that the
parent material determines the original supply of nutrient elements that are released by
weathering. This in turn influences the balance between inorganic and organic nutrient loss and
retention (Torn et al., 1997; Jenny, 1994). Considering this, understanding the properties of the
parent material is integral to the initial stages of soil development. Yet, to date, studies on
multi-lithological parent materials are lacking. In some studies, mono-lithological glacial
catchment areas were targeted instead, as these contain more chemically and physically
homogenous parent materials (Alexander & Burt, 1996; Bernasconi, 2008; Mavris et al., 2010;
D' Amico et al., 2014). The use of more homogenous parent material is advantageous, because
it provides a consistent baseline (Jenny, 1994). Other studies conducted on multi-lithological
parent material (e.g. Kabala & Zapart, 2009; Zhou et al., 2016) have tried to overcome the
heterogeneity issues by sampling ‘mixed’ parent rocks. However, their use causes doubt over
how representative the material is. Moreover, these studies assume that the glacial soils are
relatively homogenous because of glacial mixing’ (e.g. Kabala & Zapart, 2012; Zhou et al.,
2016), but there is little evidence for this. For example, Burt and Alexander, 1995 state that
“leaching of the moraines may have begun before they were free of glacial ice”, but is not
backed up with evidence. No consideration was given to variations in glacial till types derived
from supraglacial, englacial and subglacial domains that give rise to considerable variance in

their physical and chemical properties.

Studies of the differential rates of soil formation in forefield sequences have been shown to be
dependent on the lithological properties of the parent material (e.g., D’ Amico et al., 2014). In
this study, comparison of the forefield till parent materials’ lithologies, showed formation rates,
in monolithic serpentine, granitoid and serpentine with 10% gneiss, characterized by higher
initial rates than those with gneiss and granitoid, Fig. 2.4 (Egli et al., 2012; Egli et al., 2014;
D’Amico et al., 2014). The best fit was a decay function for the gneiss/granitoid lithologies,
while serpentine lithology showed a slower initial onset rate characterized by a humped
function. Retarded soil formation rates from serpentine were a consequence of declined soil
fertility, caused by the paucity of macronutrients (N, P, K). Abundant toxic heavy metals (Ni,
Cr, Co) in the parent material, and weathering resulted in low Ca:Mg ratios, poor soil structure

and nutrient retention.
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Figure 2.4. Soil formation rates from D’Amico et al., 2014 (a) from their collated
empirical data (b) in the Morteratsch forefield (plot points no. 4 from Egli et al. 2012
and Egli et al. 2014, Swiss Alps and Lys forefields from D'Amico et al., 2013 and Verra
Grande, north-western Italian Alps (the eastern, western and central moraine systems
are represented by respectively full circles, triangles and squares) D'Amico et al., 2014

Glacial sedimentological studies have shown that in many complex geological catchments
glacial tills are inhomogeneous due to their lithological provenances and transits through the
glacial domain (Benn and Evans, 2014). Debris transported by glaciers is derived either from
erosion of the subglacial bed, or supraglacially from the valley sides. Since many of the
forefields studied previously consist of subglacial and supraglacial till types this is potentially
an important factor that has been overlooked, (Table. 2.1). The glacial till type affects the
forefields’ soils parent material composition and development. Supraglacial till is a product of
rock wall fracturing and landslides above the glacier onto its surface, and comprises a
dominantly coarse fraction with angular boulders, and a bimodal grain size distribution. As a
result,, englacial or supraglacial transport is passive so little comminution occurs, meaning
finer and potentially more reactive particle sizes are less abundant. Supraglacial till also
undergoes little homogenisation prior to its deposition in the forefield. In contrast to this, the
subglacial till debris eroded from bedrock is initially transported in a basal traction zone
beneath a glacier. In this zone, particles frequently meet the glacier bed and are comminuted
into fine glacial flour by the large ice-till-bedrock forces that are generated here (Boulton,
1978). Glaciofluvial processes in the subglacial domain causes substantial mechanical mixing
and abrasion of the glacial till. This can increase its lithological homogeneity prior to its
deposition in the forefield, while predisposing brittle (e.g. platy minerals like mica) and/or low

hardness minerals and their surfaces to chemical weathering (Follmi et al., 2009). Where the
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till is turned to fine glacial flour, it promotes rapid dissolution of microparticles (Petrovic et
al., 1976). Their high reactivity is a result of their high surface area and newly exposed surfaces
(Tranter, 1982), with geochemically reactive phases, such as carbonates and sulfides (Tranter
et al., 1993; Raiswell and Thomas, 1984; Anderson et al., 1997). In addition to this, there is a
lack of inorganic (e.g. iron oxyhydroxides and clays) and/or organic coatings on heterogeneous
mineral surfaces (Tranter, 1982). Finally, there is often a high proportion of silt-sized particles
in subglacial glacially derived moraine. Importantly, the factors that can affect the reactivity of
subglacial till are strongly dependent on the structure of the drainage system. Glacial till,
present in a forefield coming from a subglacial system with predominately distributed and
delayed melt-water flow, may be depleted in a comminuted and chemically reactive till-size
fraction. For instance, under slow flow conditions a prolonged residence time prevails, so,
reactive phases are left inhibited (Tranter et al., 1994). Conversely, a subglacial drainage
system with channelized and high velocity melt-water flow can rapidly remove freshly eroded
till and deposit it in a forefield. It is evident from the differences in subglacial and supraglacial
tills that their characteristics need to be evaluated, as they are parent materials which may affect

soil development in forefields.

2.4. Mineral material and organic carbon additions and pools

Forefield soils consist of two main materials, minerals and organic matter. These can be added
in-situ within the soils itself (autochthonous), or externally (allochthonous). In a glacial
forefield a multitude of mineral material and organic matter soil additions have been identified
that contribute to changing the carbon pools (Fig. 2.5). For a detailed review of organic carbon
and other nutrients in forefields, Bradley et al., 2014 should be consulted. The soil addition
pathways that primarily concern those that impact the carbon cycle, are discussed briefly

below.
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Figure 2.5. Schematic diagram of a glacial forefield and their key characterises and inputs to
the soil veneer that, in general, forms with increased soil age away from the retreating glacier.
Modified from Bradley et al., 2014.

The mineralogical composition of the parent material is dependent upon the type of lithological
units present in a glacier catchment. Common rock-forming minerals in forefield parent
materials, that are important in the carbon cycle, are primarily Ca-Mg silicates. Namely,
olivine, diopside, wollastonite and various feldspars (albite Na endmember and Ca endmember
anorthite). The carbonate minerals calcite and dolomite, or minerals like sulfides e.g., pyrite
enhance weathering reaction kinetics through geo-bio-catalytic reactions (Anderson et al.,
2000). Authigenic (c), or allochthonous addition of sheet-silicates, (e.g., phyllosilicates; that
consists of the mica group, serpentine and clay minerals) play a crucial role in forming soil
structure. This is by aiding soil particle aggregation that can stabilize carbon (discussed in
section, 2.5.1) (Six et al., 2002; McBride, 1989). Organic carbon is also found in glacial till
parent materials, as evidenced through isotopic and organic-carbon based speciation. These
analyses also revealed that organic carbon is primarily present as either diagenetic kerogen
(aromatic hydrocarbon compounds) and/or other carbon-based polymeric compounds, from
paleo sols and relic soils frozen, as permafrost (Bardgett et al., 2007; White et al., 2007;

Bernasconi et al., 2011).

Allochthonous atmospheric, and aeolian additions to forefields, are an emerging area of
interest. Their quantity is unconstrained, and could be important in soil forming processes
(Bradley et al., 2014; Bradley et al., 2016b). For example, over the Damma glacier in the Swiss
Alps, proximal to the forefield, 0.4 to 1.2 g of C per m” per year was deposited, and could

therefore be a considerable input to the carbon stocks in the forefield soils (Brankatschk et al.,
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2011). Although unquantified, the annual melt of snow cover in a forefield has been observed
to supply black carbon, N and other pollutants (Larose et al., 2013). Modelling indicates that
in older soils (>40-years) increased deposition of organic carbon helps sustain higher rates of
bacterial and vegetation production. Heterotrophic respiration is predicted to lead to a decrease
in the net ecosystem CO; efflux from Arctic forefield soils, and is another factor that sustains
a stable soil organic carbon pool there (Bradley et al., 2016b). The models relies, in part, on
data from non-Arctic forefields, and as little data from Arctic forefield exists, the stability of

the soil organic carbon pool in glacial remains largely unknown.

Autochthonous production (c) in a soil-forming forefield is strongly dependent upon the rate
of soil ecosystem evolution, and in turn the other ecosystems it supports. Soil fauna and flora
communities assemble as a function of soil age (Hodkinson et al., 2001; Hodkinson et al., 2003;
Conen et al., 2007). However, in Alpine forefields this can be non-linear, occurring as spatially
distributed micro-niche soil fauna and flora communities (Burga, 1999). Organic carbon inputs
include carbon-based plant parts, algae, fungi, lichen and their litter, invertebrates, microbes
and their necromass. In Alpine forefield ecosystems, plants are the dominant autochthonous
addition to the soil, while microbial biomass is lower. The relative proportion of the remaining
biomass is unexplored (Conen et al., 2007; Bernasconi et al., 2011). In Arctic forefields, limited
knowledge exists on autochthonous production additions. It has been found that autotrophic
microbes occur at a higher relative abundance in younger soil age, while heterotrophic and
autotrophic microbes are abundant at older soil ages (Hodkinson et al., 2001; Hodkinson et al.,
2003; Bradley et al., 2016b). There is poor knowledge of the relative proportion of carbon-
based biomass microbial, vegetation and ancient carbon. A simple mass balance of the results

used to constrain the model, suggests that ~99.9% of the TOC is unaccounted for (Table 2.2).

Table.2.2 Microbial biomass in the forefield of Midtre Lovénbreen (brackets show 1 standard
deviation). Table obtained from Bradley et al., 2016

Sglel Autotrophic microbial Heterotrophic microbial Total organic
(years) biomass (ug C g 1) biomass (ugC g 1) carbon (ugCg 1)
0 0.171 (0.042) 0.059 (0.034) 792.984 (127.206)

Furthermore, vegetation biomass is overlooked and not currently incorporated into the latest
High-Arctic microbial and biogeochemical dynamics in glacier forefield ecosystem models
(Bradley et al., 2016). Fundamental to this is the lack of in-field empirical data. Quantification

of microbial and vegetation contributions in carbon soil additions, would better inform short
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and long-term soil organic dynamics; despite the possible rapid temporal and spatial fluctuation

(Bradley et al., 2016a; Bradley et al., 2017).

Other external soil additions are delivered by episodic flood/discharge events (Wadham et al.,
2001). Aqueous solutions form from upwellings in the sub- and supra-glacial domains (Irvine-
Fynn and Hodson, 2010), or glacial meltwater mixing and ground saturation at the glacial-
forefield interface zone. Solution addition also occurs in the vadose zone around channels that
ingress the forefield. These channels transport both glacial and forefield solutes laterally
through till deposits into the forefield (Cooper et al., 2002). Glacial tills also receive additions
from geogenic and biogenic weathering-derived particulate and leachate, not limited to sulfides
and sulfates, inorganic and organic phosphorus, diagenetic nitrogen and organic matter, base
cations (Ca, Mg, K and Na) and silica. For a more detailed review of glacially derived nutrients
to proximal environments consult Hodson et al., 2005; Bradley et al., 2014; Anesio et al., 2017.
From the supraglacial environment, the forefield receives particulates and leachate that consists
of organic and inorganic nutrients. As ice melt is usually quite dilute (ionic strengths < 40
umol/l), their concentration in meltwater runoff tends to be low (Hodgkins et al., 1997). The
interaction of unsaturated supraglacial meltwater with crushed subglacial till, could lead to

enhanced reaction rates and soil formation at the glacial-forefield interface.

Marine, limnological, and riparian influences supply sources of organic matter and nutrients
through aerosols and lateral groundwater to soil-forming tills (Wadham et al., 2001b; Cooper
et al., 2002 Barrett et al., 2007). Furthermore, secondary efflorescent salts (e.g. gypsum) are
added or removed to the soil as they precipitate or dissolve thought the melt season (Cooper et
al., 2002). It is the prevailing metrological conditions that regulate the supply of these nutrients
to a forefield, through changes in the groundwater level and thermal regime of the
soil/permafrost controls (Cooper et al., 2002; Cooper et al., 2010). The tills proximity to the
ocean, and waterbodies such as kettle ponds and proglacial channels, affects the salts, organic
matter and nutrient delivery to a forefield. Tills nearest to these nutrient stores generally receive
higher delivery, yet have a lower residence time, as aerosol and precipitation inputs result in

nutrient leaching (Anderson et al., 2000; Cooper et al., 2010).

External biological inputs e.g. avian and mammalian, guano and droppings both act as a carbon
inputs as well as a soil fertiliser. Nutrient inputs such as these, provide biologically assimilable

P, N and (Hodkinson et al., 2003; Mindl et al., 2007). Where nesting bird colonies are near
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glacial forefields, neighbouring soils are often highly fertile (Simas et al., 2007; Robinson et
al., 1995). In open and exposed Arctic forefields, predation from Arctic foxes means guano
benefits to a soil are limited, as fewer birds nest and feed there (Larson, 1960). Dung inputs
from macro fauna may also enhance soil fertility. However, areas grazed by reindeer are
generally nutrient poor, such as High Arctic forefields, as their dung mostly contains resistant,

lignin-based carbon (Ritchie et al., 1998).

2.5. The carbon cycle in newly deglaciating terrain

The biogeochemical carbon cycle is where carbon, inorganic or organic, is exchanged among
the biosphere, pedosphere, geosphere (lithosphere), hydrosphere, and atmosphere of Earth. In
glacial forefields these spheres converge readily, meaning that carbon species can interchange
frequently. The hydrosphere and atmosphere meet the geosphere and interact as glaciers melt
and rock-water interactions take place. While the connection of these spheres facilitates the
development and mutual stimulation of pedosphere and biosphere. Collectively this series of

interactions between spheres regulates the carbon transfer in glacial forefields.

For simplicity, and since substantially more literature exists on organic carbon dynamics in

forefields, compared to inorganic carbon, these types of carbon are addressed separately.

2.5.1. Organic carbon dynamics

As almost half of life’s dry mass on earth, and also half of the organic matter accumulating in
soil, is composed of carbon, the carbon cycle has a central role in biochemical processes in
almost all ecosystems (Chapin et al., 2006; Chapin et al., 2009). Glacial forefields’ ecosystems
are no exception, and although a multitude of components in the carbon cycle have been
identified, this is largely unexplored. Forefield carbon cycling is known to proceed over short-
term, annual, and long-term timescales by a series of biogeochemical reactions. A breakdown
of all forefield carbon cycle chemical reactions not explicitly mentioned in this chapter are
given in Appendix. A. Table. 2. The longevity of organic carbon residence time in a soil is
strongly temperature dependent. This is predominantly due to biota that has a q'° temperature
coefficient of respiration. Biota, necromass and biochemical reactions such as photosynthesis

adds carbon to a soil. Soil biota also breakdown carbon by oxidation as part of their metabolic
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functions. Therefore in forefields both temperature and biota can have a rapid effect on carbon
transfers between the atmosphere, biosphere, pedosphere and hydrosphere in warming induced

glaciating forefields (Smittenberg et al., 2012; Kirschbaum, 2000).

In a developing forefield ecosystem, in response to soil formation, organic carbon cycling can
proceed with autotrophic organisms (i.e. plants) that produce their own organic compounds
(e.g. polysaccharide compounds), using CO, from air through photosynthesis. Heterotrophs,
like bacteria and fungi that feed on autotrophs, can transfer carbon to the biosphere and
facilitate its stabilization in the pedosphere as soil organic matter. The biota’s intimate
association with soil minerals, means SOM of a soil helps retain its nutrients and act as a carbon
sink, ~50-58% (Torn et al., 1997; Périé, C and Ouimet, R. 2008). Soil organic matter consists
of a continuum of organic fragments, and is continuously processed by the decomposer
community from large plant and animal residues towards smaller molecular size (Lehmann and
Kleber, 2015). Biodegradation causes CO; to be released back to the atmosphere through
respiration Eq. 2.2, 2.3, 2.4 and thus, completing the cycle.

6CO; + 6H,0 + Light Energy (Sun) — CsH,0¢ + 60, — photosynthesis Equation 2.2.

CsH 1206 + 60, — 6CO, + 6H,0 — respiration (oxic) Equation 2.3.

2H" + SO4* + 2CH,0 — 2CO, + H,S + 2H,0 — biodegradation of C in anoxic soils Eq. 2.4.

Evidence of ecological and pedogenic evolution in response to deglaciation has shown total
organic carbon to accumulate rapidly in newly deglaciated terrain, over just a century or two.
Interestingly, TOC seems to accumulate irrespective of forefield locale, suggesting similar
processes could contribute to its accumulation. The rate of initial TOC accumulation, temporal
variability in its concentration, and the asymptotic value, seems to be strongly dependent upon
regional factors (Fig. 2.6). This suggests that soil forming factors control these (Eq. 2.1). To
critically evaluate the differences in TOC, the controls of soil formation in newly deglaciating

terrain were assessed.
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Figure 2.6. Total organic carbon concentrations from different glacial forefields at different
locale. Note: forefields in polar region have lower TOC concentrations and rates of
accumulation, while forefields in the European Alps have higher TOC and rates, but
considerable temporal variation. Note: Each source of data is tabulated to the left of the
figure.

In soil, TOC is present primarily as SOM, therefore its turnover and controls are subsequently
discussed. The mean residence time of SOM in soils is ~50-years, but decadal variance occurs
dependent on the type of organic carbon present (e.g. Schmidt et al., 2011; Fig. 2.7.a). Although
the effects of carbon substrate on TOC dynamics has not been directly observed, its effects on
SOM dynamics over a century or two of deglaciation are apparent. Forefield soil development
studies have observed a chronological shift in the carbon species that make up SOM. There is
a shift with increasing soil age, from aromatic carbon, formed as part of ‘ancient’ paleosols, to
primarily ‘modern’ microbial-derived, aliphatic carbohydrates and proteinaceous species
(Bardgett et al., 2007; Diimig et al., 2011). Mounting evidence from soil development studies
in forefields indicate that it is ecosystem evolution of fauna and flora that drives this shift in
SOM carbon species. This is an interesting characteristic that common to different forefield
environments, for example, and European Alpine forefield (Damma) (White et al., 2007,
Diimig et al., 2011; Diimig et al., 2012). It can be inferred that the chronological shift in carbon
species, during ecosystem evolution and soil development, is less dependent on local factors
and more dependent on the rates of chemical change. Additional validation of such a
chronological shift in carbon type within SOM has been shown using radio-carbon based aging.
These results showed that at soil ages of <50-years, ancient carbon was the dominant source of

soil-respired CO,. In older soils, >150-years, 90 % of the soil-respired CO, from modern
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carbon biotic inputs, while ancient carbon concentrations remained unchanged (Guelland et al.,

2013a; Guelland et al., 2013b).

In ecosystem evolution, carbon species shift and soil development is mutually interlinked. The
notion suggested by Schmidt et al., 2011 is that soil organic matter is more of an ecosystem
property. This de-emphasises the role of molecular structure as a control on SOM. They suggest
that molecular structure alone does not control SOM stability, rather, that environmental and
biological controls predominate (Schmidt et al., 2011). If this were the case, both finite stores
of lithogenic, ancient aromatic carbon and modern aliphatic carbon could be expected to be
respired over a century or two soil chronosequence. As discussed in the previous paragraph,
this is not the case, and there is a distinct switch from aromatic to aliphatic carbon, despite the
aromatic store remaining in the soil. The molecular structure of SOM seems to play a
controlling role on C stability, which is more fitting of the effects of ‘negative priming’
(Kuzyakov et al., 2000). Negative priming is defined as soil organic matter mineralisation
retardation due to any treatment such as the addition of a new substrate. It may occur due to
the divergence of microbes, or their enzymes, to utilise the more easily available substrate. Or,
to the inhibition of microbial activity because of a change in the soil environment. Another
plausible form of negative priming in forefields are modern carbon inputs by organo-mineral
stabilization, physical disconnection and freeze/thaw processes (Fig 2.7.b). These are often
discussed as SOM preservation mechanisms: the added substrate contains an absorptive
component or porous material, in an environment prone to thermal-mechanical processes.
Sorption and a soils porosity, are in principle strongly dependent upon the molecular properties
of SOM and its residence time; highlighting its importance as an SOM control (McBride, 1989;
Lehmann and Kleber, 2015). Sorption and desorption processes are linked to soil particle
aggregation. Particle disintegration is also strongly influenced by soil mineralogy, and its
interaction with SOM (discussed in detail below). The molecular properties of SOM have a
significant role in controlling its stability in soil. Moreover, SOM controls soil functionality
and is important in determining the quantity, and stability, of organic carbon stored in soil

(Torn et al., 1997).
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Figure 2.7. (a) Mean residence time for organic carbon compounds in soils that is plant-
derived, microbial origin, and other biological sources. (b) soil organic matter protection
mechanisms, modified from Schmidt et al., 2011.

Clay minerals and poorly crystalline mineral phases, e.g. ferrihydrite, can significantly affect
a soils carbon storage (Oades, 1988). When SOM interacts with mineral surfaces to form
organo-mineral associations it is affected by pH, the base saturation of the soil. The strength
and longevity of organo-mineral associations depends upon the minerals’ surface charge, the
types of functional groups in the organic matter, the presence of proteins and surface reactivity
inhibitors. Organo-mineral associations often occur as occluded zonal layers away from the
mineral surface (Kelber, 2007). A few common mechanisms for organo-mineral complexations

are presented in Fig. 2.8, for a detailed account organo-mineral interaction see, McBride, 1989.
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Figure 2.8. Binding mechanisms of clay-humus coupling in the soil. (a) On phyllosilicates
with permanent charge, (b) on hydroxide surfaces with variable charge, (c) on minerals with
neutral surfaces. Modified from Blume et al., 2015.

Soil formation studies in forefield have helped in paving the way to understanding organo-
mineral interactions in natural systems. They have revealed the interactions of mineral
weathering and organic carbon accumulation, linked to soil stability and ecosystem growth
(Dumid et al., 2012). This leads to the understanding that young soils have 3—4 orders of
magnitude higher rates of development than old soils (10°to 10%yr) (Egli et al., 2014). For
example, in the Damma forefield, results have shown that organo—mineral associations form
stepwise over ~100 year of deglaciation; proteinaceous compounds and carbohydrates
accumulated in the proglacial area by microbial-plant synthesis (75 and 120-year-old clay
fractions). This was preceded by the production of organic acids through vegetation expansion
that lowered soil pH and increased parent material weathering. This in turn released aluminum
and iron from the parent material as poorly crystalline phases, such as ferrihydrite. The organic
carbon which accumulated, was, over time, adsorbed onto these mineral surfaces, and this in

turn had an inhibitory effect on their crystallization to increase their stabilization. Finally, soil
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aging further enhanced OM sorption, as protonation made the surface hydroxyl groups more
ion exchangeable (Diimig et al., 2011; Diimig et al., 2012). Concurrent with these observations,
Kabala and Zapart, 2012 found that in the foreland of Werenskiold in the High-Arctic, biota
assemblage was slow compared to the Damma forefield due to the prevailing polar climate.
Since chemical weathering evolution was slow, there was a negligible decline in the pH, thus
pedogenic Fe formation of poorly crystalline mineral phases, and in turn organic carbon
accumulation was limited. These contrasting results, highlight the dependency of chemical

weathering rates on climatic and soil biota states in developing forefield soils.

Other than poorly crystalline iron and aluminum, minerals that facilitate organic carbon
storage, and have high specific surfaces areas, are clay minerals. Particular examples are
expandable phyllosilicates i.e. smectites like vermiculite with charged mineral surfaces,
(Bergaya, 2006). In forefield settings, organic carbon stabilization by clay minerals is shown
to be less wide-spread than poorly crystalline iron and aluminum minerals (Dumid et al., 2012).
This is a product of differential rates of silicate weathering, leading to either minimal clay
mineral production (e.g. the Damma; Bernasconi et al., 2011), or a low abundance of 2:1
smectites from biotite weathering (e.g. the Morteratsch Mavris et al., 2010). Alternatively, an
intensive weathering regime gives early formation of 1:1 kaolinite from plagioclase (Mavris et
al., 2011). Kaolinite can have a lower adsorption of organic carbon due to its low, and often
uncharged mineral surface, although some hydrophobic organic compounds may also associate
with its surface (Kleber et al., 2007). The difference in the Damma and Morteratsch forefields’

silicate weathering regimes are discussed in more detail in Section 2.5.2.

From the evidence presented, glacial forefields have been paramount in providing a
contemporary view on soil carbon dynamics. Traditionally, it was believed that organic matter
stabilization was achieved by ‘humifaction’, condensation reactions that led to the organic
matter having a ‘recalcitrant’ molecular property. However, lack of evidence for ‘humic
substances’ (Schmidt et al., 2011) has led to a new paradigm, the soil continuum model (SCM)
(Lerhman and Kebler., 2015). The model proceeds as follows: organic carbon stabilization is
regulated through aggregate formation-destruction and mineral weathering that facilitates the
sorption-desorption of assimilable <600 Da, and non-assimilable >600 Da, which arises due to
a series biogeochemical degradation reactions. These reactions are largely controlled by

temperature and precipitation, Fig. 2.9. As glacial forefields are ideal natural laboratories
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(discussed in Section.2.2) new advancements in soil and its carbon dynamics within the carbon

cycle will be continued to be made.
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Figure 2.9. The soil continuum model (SCM), a new paradigm of soil organic matter
regulation in a soil, obtained from Lerhman and Kebler., 2015.

2.5.2. Mineral weathering of inorganic carbon from silicates and carbonates

In comparison to the biological carbon cycle, mineral weathering in the geosphere is considered
part of the long-term geological carbon cycle, though both are intrinsically linked (Berner et
al., 2003; Berner and Berner, 2012). Biological mediated weathering involves the capture or
release of CO; and this can improve a soil’s structure to support the growth of biota. The role
of biological weathering as a catalyst in weathering is highlighted in the following silicate,

sulfide and carbonate mineral weathering sections.
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2.5.2.1 Silicate weathering

Ebelmen, in 1845, originally proposed weathering of Ca/Mg silicate minerals that draws down
atmospheric CO; and locks it in the lithosphere as marine carbonates (Urey, 1952). This
reaction is responsible for lowering global temperature on geological timescales (Berner,
1994), (see Appendix. A. Table. 2). Silicate weathering occurs over geological timescales,
however the rate limiting step is affected by environmental and chemical factors. Limitations
to silicate weathering generally include two different processes: transport limitation and kinetic
limitation. To transport-limited weathering regimes, the supply of water, acids and (organic)
ligands relative to the supply of silicate minerals is large (West et al., 2005). Whereas, where
kinetic limitation (Eq. 2.5) is the main control on chemical weathering, silicate weathering ®
depends on the kinetic rate of mineral dissolution W, the supply of material (e.g., by erosion)

e, and the time ¢ available for reaction (West et al., 2005).

o =W.e.t Equation 2.5.

Glacial forefields offer a unique terrestrial setting for accelerated silicate weathering. At the
glacial-forefield interface, and to some extent in moraine complexes, they are transport-limited
environments. Consequently, the kinetic limitation is low because:

a) Large areas of glacial till within a moraine remain in-situ, unless it is hydrological or
thermally re-worked.

b) Intense physical weathering precedes chemical weathering to produce finely comminuted,
highly reactive ‘rock flour’ which can be a significant proportion of subglacial forefield tills,
discussed in Section 2.3, (White and Brantley, 1995; Boulton, 1973).

c¢) The young soil has mineral surfaces that are enriched with charged, unreacted metals (e.g.
oxidised or hydrolysed), or are inhibited by mineral precipitation or adsorption of compounds
(e.g. organic matter, ferrihydrite and phosphate); although, this depends on the parent material
1.e. glacial till, pre-forefield history, discussed in section 2.3.

d) As weathering proceeds, biota assembles in the forefield soil and their evolution may
enhance weathering. It has been shown in other soil forming environments that biological
weathering can enhance rates by a factor of 2 or 3 as the pH is lowered by plant root respiration
(Drever, 1994). The acidity can drive silicate dissolution, hydrolysis, and also promote organic

ligand complexes with metal ions to increase their mobilization (Drever, 1994).
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e) Glacial meltwater chemistries may contain an abundance of protons (acidity) that arise from
the rapid oxidation of sulfides e.g. pyrite (if present in glacier catchment lithology). Protons
have a high affinity for anionic silicate surfaces, or can replace metal ions at reactive sites
within glacial rock flour.

f) Rock-water residence times are prolonged and enhance silicate hydrolysis. Furthermore, soil
waters are episodically recharged and flushed by water inputs during the melt season and this
can lower the ion concentration of soil solutions to promote silicate weathering (Anderson et
al., 2000).

g) Climatic changes in Arctic glacial forefields have led to increased soil temperatures, and
lengthened melt and growing season. In these polar deserts improvements in soil moisture have
made favourable growing conditions to enhance biological weathering. In turn, better soil water
retention improves its quality and leads to accelerated biogeochemical weathering rates (Borin
et al., 2010; Kabala and Zapart, 2012; Smittenberg et al., 2012).

These environmental states could alleviate the kinetic limitation on silicate weathering
compared to non-forefield soil-forming environments. For an in-depth review of silicate

weathering rates in soils see White & Brantley et al., 1995.

There is no agreement about the rate of silicate weathering reactions in glacial forelands. Soil
evolution and weathering models are generally best described by a humped or exponential
function. Forefields with a humped function show that soil production and weathering is
maximised at a certain soil depth or time and thereafter decreases (Mavris et al., 2010) (Fig.
2.4). Exponential decay functions in forefield soils are more common than humped functions
and display a decrease in weathering rate with increased soil age (Egli et al., 2014).
Interestingly, two forefields in the Swiss Alps, Morteratsch and Damma, evidenced either a
humped or exponential decay function. This is despite both having over a century deglaciation
and similar environmental conditions that control silicate weathering e.g. lithology (see, Table.
2.1). In these forefields, elemental and mineralogical analyses showed that the Morteratsch had
significant weathering of biotite, hornblende, plagioclase formed smectite (with a low charge),
vermiculite (with a high charge), and kaolinite. In the latter mineral, this occurred after only a
decade (Marvis et al., 2010 and 2011). Conversely, in the Damma forefield, only a small extent
of silicate to kaolinite clay mineral transformations was observed at >150 years. This was
shown by the chemical weathering index of alteration and its incipient values CIA= 55-65
(fresh=50 weathered =100 1i.e. kaolinite) (Bernasconi et al., 2011; Dumid et al., 2011). These

results correspond with the low specific surface areas of the clay fraction, 7-22 m* g’ compared
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to 35-100 m” g, from various non-forefield soils that are significantly more advanced (Dumid
et al., 2012). By comparison of measured forefield attributes, a significant difference in
precipitation of 1300m compared to 2300m is apparent, (Table 2.1). As highlighted in a
forefield in the New Zealand Alps, rainfall precipitation gradients cause a rapid, non-linear
change in the total exchangeable cations, and increase in the movement and redistribution of
metals, i.e. chemical weathering (Dixon et al., 2016). Even within the same region, silicate
weathering rates in forefields are strongly dependent upon localised controls. In Arctic
forefields’ soils after <150 years of development there is a lack of vegetation that results from
a prevailing polar climate. It was concluded silicate weathering is not enhanced (Kabala and
Zapart, 2009). Unlike Alpine forefields, where Ca/Mg silicate weathering contributes to the
sink of atmospheric CO,, the retardation of Ca/Mg silicate weathering in Arctic forefields, as
a CO; sink, is thought to be minimal. Continual proglacial meltwater measurements of base
cation flux showed <10% silicate weathering products from proglacial melt streams (Anderson
etal. 2000; Wadham et al., 2001). Meltwater chemistries are ideal for obtaining high-resolution
chemical time-series data, measuring short-term changes as ‘a continuum of snapshots’ over
the melt season. Good examples of such studies are from Sharp et al., 1995; Hodson et al.,
2000; Wadham et al., 2001a; Wadham et al., 2007; Hindshaw et al., 2014. The method is
limited by relying on sample collection at prescribed times, and thus may miss longer-term
spacio-temporal variations. Furthermore, these approaches are valid only if it provides a truly
representative environmental state of the chemical quality of water at the sampling site. As
pointed out by Anderson: water flow in a forefield, through heterogeneous glacial till, is
strongly dependent upon the prevailing hydrometeorological conditions, meaning a weathering
signal maybe missed (Anderson et al., 2000). To compensate for this, corrections are made
before upscaling, however, uncertainties in spacio-temporal variations may be large (Allan et
al., 2006). Bulk measurements of forefield till would provide a complementary data set which

validates the short-term, to reveal longer-term weathering trends.

2.5.2.1.1 Weathering indices, and sample mass gains and losses, for determining the
extent of silicate weathering in newly forming glacial soils.

Chemical weathering indices are commonly used to quantify the rates of mineral erosion.
Ideally, a chemical weathering index should permit the comparison of different localities, on

different parent materials, and on weathering samples of different ages. Their application
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encompasses a wide range of natural materials, such as soils. Indices are versatile, and if
appropriately applied, effective, in accounting for complex material types and their weathering
environments. Testament to this, is their application in quantifying weathering intensities in
incipiently weathered heterogeneous glacial tills, homogenous volcanic, and intensely
weathered lateritic soil types (Nesbitt and Young, 1989; Fedo et al., 1995; Chadwick et al.,
1990; Egli et al., 2000; Brantley et al., 2008).

A chemical weathering index is based on a mass balance, and relies on selecting typically alkali
and alkaline earth metals, that remain either immobile, and are enriched, or become mobile and
are depleted, as weathering intensifies (Price and Verbel., 2003). Weathering indices are
conventionally calculated using the proportions of major element oxides. Weathering indices
normalize a mobile elemental oxide to an immobile one, to assess the relative change.
Stoichiometric changes during weathering are reflected in the index value. However, this
assumption is not always warranted. An elements mobility during chemical weathering
generally depends on its ionic charge and ionic radius size (A), together termed ionic potential
(IP). The ionic potential is related to the elements bond strength with oxygen, Fig. 2.10 (Buggle
etal., 2011; Parker, 1970). In low temperature environments, the changes in redox, pH and ion
co-ordination environment can result in major differences in an elements mobility and
weathering, for example: redox state Fe*" to Fe*"; ionic radius K™ 1.37 to 1.64 A. Therefore, a
good understanding of a samples environmental conditions is needed to select an appropriate

index to fully utilise a weathering intensity.
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Figure 2.10. Classification of the elements according to the ionic potential (IP). Values for
the ionic potential and ionic radius are taken from Mason and Moore (1985). Cations having -
an IP below 3 are generally soluble in water, whereas cations with an IP between 3 and 10
(according to Mason and Moore, 1985) or 12, respectively (Goldschmidt, 1937; Kabata-
Pendias and Pendias, 2001), form insoluble, immobile hydrolysates under near-neutral
conditions. Elements having a higher IP tend to form soluble anionic complexes. The
adsorption to clay minerals tends to increase with the radius of the cation (Nesbitt et al.,
1980; Smykatz-Kloss, 2003) Obtained from Buggle et al., 2011.

The molecular proportion of each oxide is calculated easily from the weight percent of the
oxide. Weathering index application is used commonly to determine either a soil depth profile
or its age. Bulk density often serves as an independent measure to validate physical and
chemical weathering strain processes in a soil volume (Price and Verbel., 2003). Although bulk
densities are useful, quantification using weathering indices can be obtained without this data.
This makes chemical weathering indices ideal for heterogeneous materials, where bulk
densities can be difficult to obtain. For example, in glacial till that is often an unsorted,
unstratified mixture of clay, silt, sand, gravel, and boulders with dissimilar distributions over
short distances (Crocker et al., 1955). In addition, chemical weathering indices can be applied
to materials that do not weather iso-volumetrically (e.g. saprolitic soils), and have been affected

by mechanical processes e.g., biologically or thermally-induced turbation in soils.
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Based on a review of the literature, the utility of weathering indices in cold region
environments, where weathering maybe incipient and parent material heterogeneity may be an

issue, have been classified by the need to meet several criteria.

Criteria 1.  The application of a chemical weathering index to weathered materials should involve
chemical elements common in glacial till-forming soils. This is desirable for wide
applicability and maximum comparability with other studies in potentially different
environments.

Criteria 2. Weathering indices should be applied appropriately, by considering the weathering
environment intensity and the chemical and physical properties of the parent material
and soil fractions. Weathering indices based exclusively on the more immobile
elemental oxides may not be applicable to assessing profiles or intervals representing
early weathering stages. This is because they are likely to not have been depleted,
unless subjected to an intensive weathering regime (Eswaran et al., 1973). Intense
physical or chemical weathering, at a localised scale within profiles, or at intervals,
could result in movement of elements, generally considered immobile. For instance,
commonly used immobile elemental oxides, aluminium (Al,0;) and titanium (TiO,),
may become mobile at a low soil pH <4.5 (Gardner et al 1978; Gardner 1980; Keller,
1978). Furthermore, metal complexation with organic ligands, such as oxalic and citric
acid that are common in soil, can cause immobile elements to become soluble. This is
unlikely to have a pronounced effect in forefield soils, where biochemical weathering
is thought to be minimal. Nevertheless, this is important in more developed soils,
where biota is abundant and the concentration of organic ligands is low 107 to 10° M
(Jones, 1998; Ullman and Welch, 2002). Trialing a weathering index, which
incorporates elements with a range of mobility in the weathering environment, can
often help refine it and the immobile and mobile variables (Harnois, 1988).

Criteria 3.  Linked to Criteria 2, the utility of a weathering index on glacial till-forming soils is to
exhibit chemically appropriate trends with increased weathering. For example, the
index can vary as a monotonic function with soil profile, depth or age, and should
change greatly with increasing weathering. Using regression analysis, the slope and
shape of the line infer the stoichiometry of the chemical weathering reactions. The
direction of the index indicates the pathway from parent material to weathering
products. Determination of weathering trends is especially important in profiles

developed on metasedimentary parent rocks. Metasedimentary rocks are commonly



Criteria 4.

38

layered at scales much smaller than the overall dimensions of the weathering profile.
As such, a weathering signal can be masked by background heterogeneity.

A weathering index used on forefield-forming soils should be applicable to a wide
range of rock sizes and types, as both these attributes are characteristic of glacial till
soils. The validity of the index should be assessed for specific catchment rock types,
and validated through standard rock type testing. It should yield values for the
unweathered parent material that are distinct from those of the weathered soil fraction,
regardless of rock type (Fedo et al., 1995). Metamorphosed sediment, and sedimentary
rocks exhibit ‘‘weathered’” chemical signatures. This is from their pre-metamorphic
history, metamorphism and ‘chemical maturation’ that occurs during the general
sedimentary cycle, and specifically glacial transport. Low weathering indices can
result from metasomatism, for example of K in connection with the conversion of illite
to K-feldspar. The illitisation of kaolinite is the most commonly cited cause (Nesbitt
and Young, 1989; Fedo et al., 1995). Also, differential erosion and grain-size sorting
can result in pseudo-weathering changes, observed in indices. This can arise due to
preferential physical sorting, removal or incorporation of older or younger, strongly
weathered or parent material in glacial deposits that form soils (Nesbitt and Young,
1997). Alternatively, from selective analysis of soil grain size fractions, it has been
shown that their size concentrates aluminous clays in the fines, deriving highly
weathered index values. Conversely, feldspars are found in larger, sand sized particles,
giving less weathered values. Similarly, sorting of source rock within a glacial till
deposit, shows a modal abundance that is not due to in-situ chemical weathering. The
modal abundance of a sediment’s mineralogy can be used as an alternative method to
validate chemical mineral weathering and indices. It is determined using either a point-
counting method (Bayly, 1960), quantitative X-ray diffraction, or a calculated
algebraic method (Nesbitt and Young, 1996). The latter method relies on knowing
qualitatively the sample’s mineral composition, and the bulk chemical composition.
Mineral modal abundance is derived from the total oxide content, equated with the
sum of the oxide in each mineral. For example, the modal abundance in SiO, (bulk) of
a sample containing quartz (Qz; Si0O,), albite (Ab; NaAlSi;Og), illite (II;
Ko.7Al,7S15330,0[OH]y), and kaolinite (Ka, Al,Si,0Os[OH],) is shown in Eq. 2.6

1Qz + 3Ab + 3.31l + 2Ka = SiO, (bulk) Equation. 2.6

The algebraic method is difficult to apply to complex mixtures of rocks and their

minerals, that have unknown solid solutions between mineral endmembers.
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As discussed in Section 2.3 different modes of glacial transport can significantly alter
the glacial till parent material by the physical and chemical properties. This occurs
from their post glacial lithological origin to their subsequent deposition in a forefield.
A useful weathering index should allow users to distinguish between a ‘‘chemically
mature’” metasedimentary parent material post-metamorphically altered and post
forefield deposition weathered, from that of the “chemically immature” parent material
and catchment source rock lithological units.

Criteria 5. Ideally, a chemical weathering index should not assume that any element used is
immobile. This is often assumed, and difficult to apply in practice. Any element may
be mobile in a weathering environment. As a default, those elements that are least
mobile should be used and knowledge of a sample’s weathering environment used.
The concentration of immobile elements can be determined and compared to the
values of the unweathered parent material, the glacial till and to the catchment source

rocks that make up a glacial till. This is done using the formula in Eq.4.2.

The Ruxton Ratio (R), and Silica—Titania Index (STI), are common weathering indices used in
regions of high weathering intensity such as humid, tropical regions. These indices are also
used with uniformed acid to intermediate silicate rocks, often high grade, with constant
sesquioxide content during weathering. This is because, they produce secondary weathering
products which have mole ratios of SiO,/AL,O3 of 2:1. As soils in glacial forefields typically
have incipient levels of silicate mineral weathering, these indices are unlikely to be appropriate.
Silicate weathering measured in the discharge waters draining from two Arctic forefields,
found <10% of the solute was accounted for by the weathering of these minerals (Anderson et

al., 2000; Wadham et al., 2001).

Weathering indexes that are fitting, are the Chemical Index of Alteration (CIA), the Plagioclase
Index of Alteration (PIA) and the Weathering Index of Parker (WIP). This is because these
indices are interpreted as a measure of a wide range of weathering. They all use highly mobile
elements; sodium, potassium, magnesium and calcium to assess the conversion of primary
minerals (feldspars which dominate the upper crust, plagioclase and orthoclase) to clays such
as kaolinite. The CIA and PIA indices use Al,Os as an immobile element. This is beneficial, as
this elemental oxide is ubiquitous in silicate minerals, and therefore probably present as a
uniform concentration in a glacial till’s volume. The assumption is that it remains inert and

immobile in a soil volume with a well-mixed drain size distribution. Minerals containing other
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commonly used immobile elemental oxides, TiO, and ZrO,_ are often more susceptible to zonal
gravitation sorting by density (Hubert, 1962). Unlike the CIA and PIA, the WIP index allows
for aluminium mobility. It considers the individual mobility of sodium, potassium, magnesium
and calcium, based on their bond strengths with oxygen (Parker, 1970). Use of this wide range
mobile alkali and alkaline earth metals makes the WIP best to use in the study of weathered
regoliths. A limitation is that the index is based on easily weathered, mobile elements, so should

not be used in intensive weathering environments.

Table 2.3 Common chemical weathering indices used on (1) heterogeneous, incipiently and
(2) homogenous, intensive weathered materials.

Ideal
Optimum
Chemical weathering
(fresh to
Weathering Formula trend Reference
weathered
Index (increase in
values)
weathering)
Nesbitt and
| (100)[(A1203/ (A1203 + CaO* + NaZO + .
CIA 50to 100 Positive Young
K,0)]
(1982)
| (100)[(A1,0O5/(AL,O5 + CaO* + Na,O - - Fedo et al.,
PIA 50to 100 Positive
K,0)] (1995)
| (100)[(2Na,0/0.35)+(Mg0/0.9) + . Parker
WIP >100t0 0 Negative
(2K,0/0.25)+(Ca0*/0.7)] (1970)
2 Ruxton
R Si0,/A1,05 >710to 0 Negative
(1968)
De
100) [(Si0x/Ti0,)/((Si0y/ TiO,) + (SiOy/ Jayawardena
’STI (100) [(510; M(SI0, 2) * (510, >90to 0 Negative
ALO3) + (ALOs/ TiO,))] and [zawa
(1994)

Another, similar approach is the elemental mass gains and losses method. This compares the
ratio of soil fraction and parent material of mobile and immobile oxide concentrations in a bulk
material (White et al., 2001; White et al., 1997). These fractions can be defined from the
elemental oxide concentration, with soil fraction grain size <2mm, compared with the soil
forming parent material. The mass gain and losses method requires to test the immobility of

the elemental oxide. &, (V; mol/kg) is the ratio of an immobile element 7, in the un-weathered
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parent material uw, relative to the weathered soil, w.

— Viuw] 1 Equation 2.7
[Vi,w]

&y
Values clustered around zero (&, = 0) indicate limited mobility in the soil fraction relative to
the parent material. Negative values of g, are indicative that an element is not immobile in the
soil fraction relative to the parent material, whereas a positive value of &, means an additional
external factor affected the value.
Quantitative losses and gains of elements during weathering are described in terms of mass
transfer, 7., of a chemical weathered element V' in the <2mm grain-size fraction. The ratio of
the total weathered material V,, * V,,, to the immobile unweathered material V,, gives the
corrected term CV,, (mol/kg), Eq. 2.8. The difference between the corrected, CV,,, and un-
weathered element V,,, gives the mass transfer of an element during chemical weathering, Eq.

2.9.

Wl[Viw] Equation 2.8
[CVW] = 75, 1
[Vi,uw]
Te =[cv -Vl Equation 2.9

When 7. is negative, elemental concentrations have been depleted during chemical weathering,
a positive number means an increase in elemental concentration and when 7, = 0 elements

remain refractory during chemical weathering with respect to the parent material.

2.5.2.2 Carbonate and sulfide weathering

Besides silicates, the other inorganic mineral important in the carbon cycle is carbonate, in
minerals such as calcite, dolomite and limestone. This reservoir is considered unimportant to
the global carbon cycle over >10° y, because it provides a balanced source and sink of
atmospheric CO,. This occurs as carbonate minerals precipitate and dissolve from carbonic
acid (Berner et al., 1983; Liu et al., 2011). Carbonate mineral reactions may impact upon the
carbon cycle at short interglacial-glacial timescales (10%to10° y), because of the alternation
between exposed glacial sediments, warmer temperature, and greater run-off during
interglacial compared with glacial times (Anderson et al., 1997). Carbonate minerals’ rapid
dissolution kinetics increases dissolved inorganic carbon (DIC) concentrations, and may
represent a net atmospheric CO; sink. Primary productivity consumes DIC, resulting in burial

of organic carbon in fluvial systems in carbonate terrains (Berner et al., 1983; Liu et al., 2011).
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Alternatively, carbonate minerals are dissolved by sulfuric acid to generate CO,. This process
would represent an atmospheric source of this greenhouse gas, with no rapid balancing of the
atmospheric sink, as the sulfate residence time in the oceans >10" y, (Martin; Claypool et al.,

1980; Calmels et al., 2007).

At young ages, in newly deglaciated terrain (the glacial forefield interface), carbonate
weathering could be enhanced. Near-freezing point glacial meltwaters may exert a four-fold
increase on the rate of calcite dissolution between 0-50°C (Garrels and Christ, 1965). In
addition, the solubility of CO; is higher at low temperature (Weiss, 1974) producing a higher
concentration of H,COs, particularly when under saturated with respect to CaCOs. This is
important when the soil and its parent material are flushed with low ionic strength (<40 mmol
1) supraglacial meltwater (Tranter and Wadham, 2014). For the genesis of non-crustal
carbonates, pedogenic calcite may be an important factor to consider. In fine grained gravelly
soils these are common, particularly in semi-arid environments where dissolved carbonates re-
precipitate on the surfaces of finer grain sizes (Treadwell-Steitz and McFadden, 2000). This
process occurs either by plant respiration of CO,, or calcite dissolution and re-precipitation
when Ca®" and HCO5 ions concentrate in the soil solution. Water percolating through the
sediment degasses and this shifts the equilibrium to the right, consuming carbonic acid, (Eq.
2.10). To compensate for this, the equilibrium moves to the left and CaCOs3 can re-precipitate,
Eq. 2.11 (McFadden et al., 1998; Retallack, 2005). Soil calcite can persist independently of
gypsum as it less soluble. Consequently its occurrence is more widespread in semi-arid soils,

like those present in pan-Arctic forefields (Visconti et al., 2010).

H,CO; 2 H,O + CO, Equation 2.10
H,CO;+ CaCO; — Ca*’ + 2HCO5 Equation 2.11

Despite the ubiquity of carbonate dissolution, mounting evidence is showing that sulfide
oxidation producing sulfuric acid is coupled to carbonate dissolution. This is often referred to
a sulfide oxidation carbonate dissolution (SOCD), and this coupled reaction often dominates
at young ages in deglaciating forelands. This is observed even if trace carbonates and sulfides,
such as pyrite, are present in the parent material (Anderson et al., 2000; Wadham et al., 2007).
The dominance of SOCD has been evidenced from the anion stoichiometry i.e. HCO; and
S04 that is inferred from sulfide and carbonate mineral weathering. These anions dominate

the meltwater flux in proglacial streams that drain the forefield, due to the rapid dissolution
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kinetics, and the properties of their tills (discussed in Section 2.3). Other evidence arises from
PCO; measurements in young areas of the glacial forefield, where proglacial streams drain
forefield tills, where heterotrophic biota are negligible. These young soil waters were shown to
be a source of CO; (Fig. 2.11). The PCO; signature over one melt season was higher than that
of atmospheric levels (PCO, = 107 atm.) (Wadham et al., 2007). Validation of this coupled
reaction, through bulk analysis of the mineral residuals in glacial tills, could result in glacial-
ground-water mixing of anions derived from either sulfide oxidation, carbonate dissolution or
both. This, combined with the fact that sulfide and carbonate weathering often are governed by
surface controlled reactions (as opposed to transport diffusion), often leads to non-
stoichiometric release of their weathering products that could lead to erroneous inferences

(McKibben and Barnes, 1986; Morse and Arvidson et al., 2002; Sjoberg, 1976).

24-Jun
01-Jul

08-Jul
29-Jul

log PCO, (atm)

Figure.2.11 Temporal variations in the concentration of PCO, of the bulk meltwaters
sampled at East, West and Outlet gauging stations over one melt season in 1999 from
Finsterwalderbreen, Svalbard (atmospheric PCO; is delineated with a dashed line). Note: the
considerable period of PCO, above atmospheric levels that was thought to be driven by
SOCD, suggesting the forefield is a source of CO, to the atmosphere. Obtained from
Wadham et al., 2001.
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Chapter 3. Study Areas and Methods

3.1. Study areas
The full details of the three glacial forefield areas studied are described in the results chapters

4 & 5. In this chapter an overview of each of the studied sites is presented.

Midtre Lovénbreen and its glacial forefield are situated in a north-facing catchment on
Broggerhalvoya, Northwest Svalbard (78°50" N., 12° E.). The forefield consists of a
hummocky moraine complex, interspersed with epithermal incising proglacial streams, an
icing and kettle lakes, Fig. 3.1. The forefield is somewhat flat, with an average gradient
decrease of 6.6% over 2km, across an elevation change of 123-0 m.a.s.l. The annual air
temperature and precipitation recorded at NY-Alesund from 1961-1990 (approximately Skm
East of Midtre Lovénbreen) during the summer and snow-free months are -5.8 °C and 20mm
(Svendsen et al., 2002). Midtre Lovénbreen is a polythermal glacier with a subglacial drainage
system (Irvine-Fynn and Hodson, 2010a). Glacier mass balance studies have documented its
decline since 1967 (Hagen and Liestol, 1990; Hagen et al., 2003). The ~2 km? forefield contains
a succession of moraines deposited at an average retreat rate of ~14 m/ year since the last

Holocene ice maximum in 1890-1905 (Glasser and Hambrey, 2001; Hambrey et al., 2005).

The dominant lithological rock units in the glacier catchment are metasediments that are
primarily felsic with some carbonate rocks and coal seams interdispersed. This complex
lithological mixture, created a glacial till within the forefield that is highly heterogeneous in
nature. Two macroscopically identifiable glacial till types are observable in the forefield,
subglacial till and supraglacial till; these each have their own chemical and physical

characteristics.

A chronosequence with respect to primary plant succession begins with lichens, mosses and
bryophytes, and progresses towards isolated vascular plants (i.e. Saxifraga) at >60 y
(Hodkinson et al., 2003). The soils and glacial till are affected by cryoturbation processes that
result, in part, from an annual active thaw layer of discontinuous permafrost (Hodkinson et al.,
2001; Hodkinson et al., 2002; Hodkinson et al., 2003; White et al., 2007). Where soil has
developed, these are classified as cryo-Leptosols and Regosols, reflecting the fact there were
no horizons, and they were immature and stony in nature owing to their parent material (gneiss)

glacier till (FAO, 2006; Hodkinson et al., 2003).
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Figure 3.1. (a) Aerial photograph of Midtre Lovénbreen and its forefield and (b) schematic

map of the forefield and its key landscape features showing the sampled sites and their ages

along three transects, one with primarily subglacial till (Tr1) and two with supraglacial till.
Plot (¢) shows the average slope and elevation change as a function of distance.

Storglacidren (67°54'N, 18°34'E) and Rabot’s glacier (67°55'N, 18°30'E) in sub-Arctic
Sweden are classified as small valley glaciers of about 3 km? in (planar) area. Storglacidren is
located on the east side of the Kebnekaise massif (Fig.3.2), while Rabot’s glacier is on the west
side (Fig. 3.3). Their forefields are 0.5 km” and 1 km?, respectively, with an elevation decrease
of roughly 115 m and 80 m from their glacier snouts to the terminal moraine (aged 1910).
These topographic, elevation changes result in the Storglacidren forefield having a steep slope
relief (Avg. slope 27%), whilst Rabot’s glacier was more gently sloped (Avg. slope 12%). In
both forefields, several braided river systems have incised into the inner moraines and given a

pronounced terminal moraine (Karlén, 1973; Jahn, 1991).
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Figure 3.2. (a) Aerial photograph of Storglacidren and its forefield, Sweden and (b)
schematic map of the forefield and its key landscape features showing the sampled sites and
their ages along the transect delineated as a green hashed line.

The mean annual air temperature (1965-2014) at the Tarfala Research Station (TRS) (1130 m
a.s.l and 0.5km away from Storglacidren) is —3.5 = 0.9C°. While the average summer
temperature (1946-2014) 1s 5.9 = 1.2C° with maximum temperatures up to 20-25C°, and the
mean winter temperature (1965-2014) is —6.6 = 1.1°C with minimum temperatures of —25°C
(Grudd et al., 1996; updated with unpublished data from the TRS). The mean annual
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precipitation measured at the TRS has been estimated as 1997-450 mm, of which 400—600 mm
falls between June and August (Dahlke et al., 2012).
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Figure 3.3. (a) Aerial photograph of Rabot’s glacier and its forefield, Sweden and (b)
schematic map of the forefield and its key landscape features showing the sampled sites and
their ages along the transect delineated as a green hashed line.

The Kebnekaise massif that Storglacidren and Rabot’s forefields are situated on, is a part of the

late Precambrian Seve belt of the Scandinavian Caledonides (Andréasson and Gee, 1989). The
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lithological units that both forefield catchment consist of, are high grade metamorphic felsic
and mafic rocks. The glacial tills present in each forefield naturally reflect these in their
heterogeneity (Andréasson and Gee, 1989). The predominant type of glacial till is subglacial,
although supraglacial tills that propagate outward from the glaciers surface are interspersed as

a superficially deposit on top of this.

In Storglacidren and Rabot’s, vegetation succession is evidenced as a function of moraine age
(Stork, 1963). It consists of pockets of micro-niche communities, however, in general at the
glacial termi, lichen are present, and with time the community shifts to vascular plants (e.g.
Saxifraga) and moss carpets. The soils in the forefields characteristically have no horizons and
typically include a high stone content deriving from their glacier till genesis. Consequently,
they are classified as Leptosols and Regosols (FAO, 2006). These soils are affected by
cryoturbation processes (Jahn, 1991) that in part result from an annual active layer thaw depth
of discontinuous permafrost to a mean depth of 1.5 to 1.6m (Bolin Centre for Climate Research,

2013).

3.2. Methods

The full details of sample preparation and handling, the sampling strategy and the in-situ field
measurements are described in the results chapters 4 & 5. In this section, basic sample
preparation, terminology and common Earth science analytical techniques used in this thesis

are outlined.
3.2.1. Basic properties and sample preparation

Samples from the various glacial forefields were collected in 2013 and 2015 following strict
protocols (see Chapter 4). Upon return to the lab, the samples were oven-dried for 48 h at 40 °C.
The dried samples from 2013 were sieved to <7 mm, while the samples collected in 2015 were
sieved to three size fractions (>7mm, 7mm to 2mm and <2mm). Hereinafter, the <2mm size
fractions from 2013 and 2015 will be referred to as “soil samples”, while the >7mm and 7mm
to 2mm size fractions will be referred to as “parent material”, while the unweathered rocks,
representative of the local lithologies, are termed “source rocks”. Aliquots of all dried soil,
parent and source rock samples, were crushed using an agate disk-crushing mill and sieved to

<63um prior to any further analyses. In the samples from Midtre Lovénbreen, five selected
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samples spanning the chronosequences were used for separation of the clay mineral fraction
using gravity dispersion. The method is as follows: a dried, finely ground powdered bulk
sample was placed into a labelled 1 L separating tube, filled with water to the 600 mm line,
then 1 mL of sodium hexametaphosphate dispersant was added, and it was shaken for 10 min.
and left to settle for approximately 16 h. The time was calculated using the Atterberg computer
program to the time or height of fall. Dispersed samples were filtered using Millipore Isopore

0.4 um filter papers.

3.2.2. Soil pH

The pH of a solution is defined as -log of the activity of hydronium ion concentration (H" or,
more precisely, H3O" aq). This definition of pH was introduced in 1909 by the Danish

biochemist, Sorensen. It is expressed mathematically in Equation 3.1 as:

pH = —log[H™] Equation. 3.1

where: [H'] is hydrogen ion concentration in mol/L

The pH value is an expression of the ratio of [H'] to [OH] (hydroxide ion concentration).
Hence, if the [H'] is greater than [OH], the solution is acidic. Conversely, if the [OH] is greater
than the [H'], the solution is basic. the pH values are affected by temperature due to changes
in dissociation constants of the ions in the solution being measured. Therefore, the temperature
a measurement was taken should always be stated, and the pH electrode should be held near

the reference temperature probe.

In soils, pH is a fundamental variable that controls biogeochemical reactions such as the
dissolution and precipitation of minerals, or the soils mineral cation exchange capacity or the
adsorption / desorption of organic compounds or metals onto mineral surfaces. The optimum
range for most soils is at a pH of 5.5 to 7.5 although many plant species are adapted to
metabolise outside this range. Ultra-acidic soils (pH<3.5) and very strongly alkaline soils

(pH>9) are rarer.

In the soil samples analysed for pH measurements were taken both in-situ using litmus pH

indicator paper, and on return from the field in a laboratory. Field pH was measured using a
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1:2 ratio of soil: deionized water after vigorous shaking for 30 seconds. After inserting the
litmus paper into a soil slurry, it was removed, left to dry for 30 seconds and the semi-
quantitative result was noted. Upon return to Leeds, pH analyses were done using deionized
water (Millipore, Milli-Q) in a 1:2.5 soil: water ratio. This mix was left to react for 30 min. on
a shaker, then left to settle for 60 min. before taking a reading of the pH in the supernatant
using a glass electrode (VWR, #622-1759) and a pH meter (Hanna 210) calibrated just prior to
use using NIST standard buffer solutions at 18 and 19 °C.

3.2.3. Ultraviolet and visible (UV-Vis) absorption spectroscopy and atomic absorption
spectrometry

This technique was used to measure the change in light (because of adsorption) after passing
through a solution. It works at the ultraviolet and rainbow portion of the electromagnetic
spectrum (e.g., A = 180-900 nm). The Beer-Lambert law (Eq. 3.2) shows the fundamental

relationship used to evaluate changes in light absorbance (Perkampus et al., 1992).
Iy
A= 109107 = ¢lc Equ.3.2

Where

A = absorbance

Io = intensity of incident beam (W.cm™) and a given wavelength (A; nm)
I = intensity of beam after transmission

€ = molar adsorption coefficient

[/ = length of the solution the light passes through (cm)

C = concentration of solution (mol.dm™)

This principle was used to determine concentrations of phosphate and iron in samples following
sequential extractions (see details in section 3.2.8 & 3.2.10). Phosphate was measured
colourimetrically on a spectrophotometer at a wavelength of A = 880 nm, following the
phosphomolybdate blue method of Koroleff (1976). Although iron could also have been
measured colourimetrically using the ferozzine method, due to the low concentrations, analyses
were done using atomic absorption spectroscopy (AAS) at a wavelength of A = 248.3 nm using
a flame atomizer. Both the spectrophotometer and AAS were calibrated using prepared iron

and phosphorus standard solutions.



59

3.2.4. X-ray diffraction spectroscopy

X-ray diffraction (XRD) is a non-destructive technique used to identify and quantify the
mineralogical phases present in a sample. The oscillating electric field interacts with the
charged particles of an atom causing these to oscillate at the same frequency. Crystalline
anisotropic materials, e.g. quartz, are characterized by periodicity and symmetry in their atomic
distribution, and these scatter the X-rays in specific directions. If mineral soil samples also
contain fractions of amorphous and isotropic, or nano-crystalline materials (i.e., amorphous
iron oxides, silica or even volcanic glasses), these do not scatter well, consequently the X-rays
are distributed in all directions, resulting in a distorted and broad X-ray pattern and low

intensities.

Recording the intensity of the diffracted rays (in counts) as a function of twice the incident
angle of the beam to the samples (0; degrees) results in an XRD pattern. X-Ray diffraction
patterns and intensities are linked through Bragg’s Law (Eq. 3.3), as diffracted rays reveal the
lattice spacing (d; nm) in a crystalline sample and the detector processes and counts the

diffracted rays, Fig. 3.4.

crystal

Figure 3.4. The main components of modern X-ray powder diffractometer shown together
with the goniometer. Obtained from Borie, 1965.

nA = 2d sin (0) Equation 3.3
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During this research, mineral powders were analysed using a Bruker D8 diffractometer that
was run using a CuK-1 source and using the following parameters: 20 range 0-90°; resolution
0.105°/step; counting time 1s / step. The resulting XRD patterns were analysed qualitatively
with the EVA software (version 4) and quantitatively with TOPAS (version 4).

Quantitative XRD analysis using the computer software (TOPAS) was limited by inaccurate
decoupling of similar phases with a high degree of reflection overlap, particularly minor phases
in the bulk mineral assemble. For example as shown in Kahle et al., (2002) simple mixtures of
calcium carbonate and dolomite phases resulted in uncertainties of roughly +3%. Using this
technique it was unsurprising that no mineralogical trends in carbonates or clay minerals were
observed, as they made up on average <3% of the bulk material. To overcome this, the total
inorganic carbon analyses were used in tandem with stable isotopes 8'°Cric to determine the
content of carbonates, and to evaluate calcite and dolomite equivalents in the samples.
Furthermore, the selected clay minerals were analysed by XRD to better characterise the type

of clay minerals present, and their modal abundance as a function of moraine age.

3.2.5. X-ray florescence spectroscopy

X-ray fluorescence (XRF) is a technique that can typically analyse elemental concentrations of
major, minor and trace elements e.g. ranging high wt.% to parts per million (ppm). Samples
are measured as solids, either as pressed pellets (non-destructive, less accurate), or glass bead

fluxes (destructive, more accurate).

The principle of XRF uses the fact that individual atoms, when excited by an external energy
source, emit X-ray photons of a characteristic energy or wavelength. From first principles at
an atomic level, a stable atom is made of a nucleus and electrons orbiting it. The electrons are
arranged in energy levels or shells (K, L, M, N) and different energy levels can hold different
numbers of electrons at a certain orbit. Therefore, when a high energy primary X-ray of kilo
electron volts (keV), or wavelength in nanometres (nm), collides with a stable atom, an electron
is ejected by ionization from a low energy level and a vacancy is created, making the atom
unstable. To compensate for the instability, an electron from a higher energy level falls into
this vacancy and excess energy emitted in the form of a secondary X-ray. There are a limited
number of ways in which this can happen, as shown in, Figure 3.5. The main transitions are

given names: an L—XK transition is traditionally called K,, an M—K transition
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is called K, while an M—L transition is called L, (not shown).

Ejected K-shell electron Incident radiation

M-shell electron
fills vacancy

Kg x-ray emitted

Shells
(orbits) ‘ N—

Figure 3.5. X-ray fluorescence of an atom: electron excitation and relaxation in different
shells K, L, M and an example of their transition pathways AE=E1-E0= Ka and AE=E2-E0=
Kp. Obtained from Cesareo, 2010.

The amount of energy lost is equivalent to the difference in energy between the two electron
shells, which is determined by the distance between them. The distance between the two orbital
shells is unique to each element. The energy lost collected by a detector, processed and
transformed to generate a spectrum trace consisting x-ray intensity peaks vs. their energy, Fig.
3.6. The X-ray emitted from the sample is and converted to a graphical format using energy-
dispersive analysis or e.g. unique atomic structure has a unique set of peaks on its
electromagnetic emission spectrum that can be characterised. The peak energy identifies the

element and its peak area (or intensity) gives an indication of its amount in the sample.
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Figure 3.6. Example of an X-ray fluorescence spectrum trace. Modified from
Cesareo, 2010.

To prepare a fused glass bead for XRF analyses, all soil samples, parent material and source
rocks were crushed using a jaw crusher, and ground in an agate disk mill to a fine powder
roughly 1-63um. Fused glass beads have an advantage over powder pellet preparation because
it creates a homogenous sample for analysis alleviating common matrix effects and is of higher
accuracy for some elements. Matrix effects include particle size mis-matching of samples in
relation to certified reference materials, as natural samples are often heterogeneous (Van
Grieken, 2001). Fused glass bead preparation began by weighing 2.5 g £0.00001 of ground,
oven-dried powders that were heated to 105 °C for 24 h to drive-off any remaining adsorbed
water (and determine the % H,O) into platinum crucibles. Subsamples of the dried powders
were mixed at a 1:6 ratio sample to lithium metaborate flux. In addition, ~1g NH4NO, was
added as an oxidising agent to remove organics and sulfides, which deteriorate platinum
crucibles and cause erroneous XRF results. Fused bead was cast by gradually dissolving
individual samples in the lithium metaborate flux on a furnace stage that ranged 450 to 1100 °C
over a 30 min. melting period in platinum crucibles to create a homogenous, flat surfaced fused
glass bead. Sample volatiles were accounted for by measuring the loss on ignition (LOI) that
was calculated gravimetrically, weighing the sample before and after the fusion process. Where
sample LOI’s were unobtainable separate CO, and H,O measurements were made using a C H
elemental analyser. For major elements the data is reported as oxides in wt%, while minor and

trace elements are reported as elements in ppm.
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3.2.6. Total sulfur and carbon (TC, TOC and TIC) elemental and isotopic analyses

Total carbon (TC) and total sulfur (TS) analyses in the powdered samples were weighed out to
5 decimal places. Masses of sample were weighed to between 200-300mg. Analyses done to
determine the carbon and sulphur content were done using a LECO SC-144DR Dual Range
Sulfur and Carbon Analyser (model: vario EL). Soil samples were placed into the tube furnace
kept at a constant 1350 °C with a pure oxygen atmosphere and combusted releasing CO, and
SO,. These gases then flowed through two anhydrone tubes to remove water and a separate
halogen trap before going through a IR detection cell to measure the concentration of CO; and
SO,. The instrument converts these measurements into weight percentage values considering

the original starting sample mass and calibration using certified standards.

Total organic carbon was determined as the difference between the initial TC and a second
analyses of total carbon performed after acid treating the initial samples with 10% HCI at room
temperature for 24 h to dissolve all inorganic carbonates (Schumacher, 2002). The results were

compared gravimetrically with CO, lost through effervescence, Eq. 3.4.

TOC=TC -TIC Equation 3.4

3.2.7. Stable isotope "°Corg

Carbon has two natural and abundant stable isotopes, °C and '>C that are useful tracers and
proxies in the study of soil in the carbon cycle. Carbon stable isotopes *C and '*C are measured
using isotope-ratio mass spectrometry (Fig. 3.7). In principle, the instrument operates by
ionizing a gaseous sample of a fine powdered and homogenized sample of soil or rock. The
sample is then accelerated over a potential in the kilo-volt range, and the stream of ions are
then separated according to their mass-to-charge ratio (m/z). Beams with heavier ions bend at
a larger radius than beams with lighter ions. The current of each ion beam is then measured

using a detector.
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Figure 3.7. A schematic diagram of isotope-ratio mass spectrometry used to measure stable
carbon isotopes concentrations in natural samples like soils and rocks.
The variation in 13C and 12C is a result of isotopic fraction during physical, chemical and
biological processes. Natural materials of range from 0-110%o. Obtained from Faure and
Mensing, 2005.

The quantity of >C and '*C measured is expressed as an absolute quantity, the relative

difference between the isotope ratio of the and standard gases, as follows

913¢C (%0) _ (Rsample - Rstandard

— 1) 1000 Equation. 3.5
Rstandard

The sample and that of the standard, and R is the mass of 45/44 ratio of the same or gas
standard.

All samples measured were expressed by the international convention, 8"°C relative to the

BC/1C of the Pee Dee Belemite (PDB) standard in delta (8) per mille (%o). This standard was
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a limestone fossil of Belemnitella Americana from the Cretaceous Pee Dee formation in South

Carolina. As the basis of the PDB scale, it has been a 813C of 0%o.

The 8" Cryc for soil samples was prepared by producing CO, by reacting carbonate minerals at
50 °C with phosphoric acid following procedures like those described by McCrea (1950). Data
were corrected per Craig, 1957. For 8'"°Croc measurements, samples were combusted in sealed
tubes with CuO at 900 °C for 2 h to convert all organic matter to CO,. This CO, was then
purified on a vacuum line, and splits of the purified gas were taken for 6]3C0rg analyses using

a mass spectrometer (DELTAplusXL ThermoFisher).

3.2.8. Iron extractions

The sequential extraction procedure of Poulton and Canfield (2005) is designed to
quantitatively define seven operationally derived iron pools in a range of terrestrial and marine

sediments, see Table. 3.1.

Table 3.1. The sequential extraction for Fe-bearing phases in sediments like soils and glacial
tills

Terminology Extraction step (target phases) Reaction (calculation)
() F Easily reducible oxides, poorly Reduction of Fe** using ascorbic acid
Cox1
° crystalline ferrihydrite treatment
) F Reducible oxides goethite, hematite Reduction of Fe’* by dithionite and
Cox2
° and akaganéite subsequent chelation by citrate
(3) Femag Magnetite magnetite Chelation by ammonium oxalate
Poorly reactive sheet silicate Fe Protonation of the silicate lattice so it
(4) Feprs sheet silicate: nontronite, chlorite, dissociates the Fe using boiling
glauconite, biotite hydrochloric acid
Oxidisation of Fe*" in iron sulfides
(5) Fepy Fe pyrite pyrite e.g. pyrite using chromous chloride
distillation
The difference between total Fe and
Total Fe unreactive silicate Fe;
(7)Fey ) the sum of each of the extraction
pyroxene and amphiboles
phases, is the unreactive iron (Fe,)
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All operationally defined iron species were quantified using extractions according to Poulton
and Canfield, 2005, unless otherwise stated. Exactions were performed under oxic conditions
in constantly agitated 15ml centrifuge tubes (Polyethylene: Sarstedt: Ref. 60.732.001) except
for the boiling HCL that used preformed in glass test tubes. The samples were subjected to a
series of sequential extractions that progressive remove more stable forms (stronger bound)
iron species as follows: 1) ascorbic acid treatment that targets poorly crystalline ferrihydrite
(Raiswell et al., 2010) and 2) a sodium dithionite solution (50g1") buffered to pH 4.8 with a
0.35 M acetic acid/0.2 M sodium citrate was used to extract ‘reducible’ crystalline iron oxides
(goethite, hematite and akaganeite). Together extractions 1&2 are termed the highly reactive
Fe fraction (Feyr). An ammonium oxalate (3) 0.2 M solution (pH 3.2) was used to extract
magnetite. However, as the dithionite extraction was performed before the oxalate extraction
(as suggested by Poulton and Canfield, 2005) magnetite Fe may slightly underestimate (by
around 5%). A concentrated boiling hydrochloric acid (HCL) extraction (step 4) using a 12N
HCL (5 ml volume) for 1 min was applied to quantify Fe remaining from certain sheet-silicate
minerals (nontronite, chlorite, glauconite, biotite). Extractions 3 & 4 are termed the poorly
reactive Fe fractions (Fepr). The total Fe (Feww) was measured using X-ray florescence
spectroscopy as explained above (step 5). The difference between total Fe and the sum of each
of the extraction phases, is the unreactive iron (Fe,), plus pyrite Fe. This fraction consists of
residual silicate iron, specifically from pyroxenes and amphiboles, which are essentially
unreactive towards dissolved sulfide (Poulton and Canfield, 2005). Each of the extract
solutions were measured for their Fe concentration using atomic absorbance spectroscopy (see

Section 3.2.3).

3.2.9. Pyrite extraction

Pyrite and acid volatile sulfides were determined via the chromous chloride distillation
technique (Canfield et al. 1986). The sulfur extracted is precipitated as AgS, using Ag(NOs3)s,
and the concentration of FeS, is calculated from the gravimetric difference between the
starting mass of the sample and the end product and the conversion of AgS, to FeS; using

their molar ratios.
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3.2.10. Phosphorous extraction

The SEDEX sequential extraction method of Ruttenberg (1992) was developed for the
quantification of 5 sedimentary phosphorus reservoirs, and has been shown to be a robust
extraction method for a variety of sedimentary settings including soils. The main aim of the
method is to chemically separate authigenic P phases from detrital apatite of igneous or
metamorphic origin (FAP), and hence this dictates the sequence of the extractions, and the
conditions required. The method combines extractions previously used in selective leaching
schemes for metals and P, which have then been modified to enhance the recovery of the
desired P-bearing phases all of which are present in soils. The sequential extractions and its
target phases are as follows in Table 3.2. Following each extraction (apart from step 2),
solutions were analysed for phosphorus colourimetrically on a spectrophotometer, following
the phosphomolybdate blue method of Koroleff (1976), see Section 3.2 for more details on this

analytical method.

Table 3.2. The SEDEX sequential extraction for P-bearing phases in sediments like soils and
glacial tills

Terminology Target phase extracted Reaction
Formation of MgPO," complex and/or
(1) Exchangeable or loosely sorbed P . .
mass action displacement by CI’
@ Easily reducible or reactive ferric Reduction of Fe’” by dithionite and
Fe-bound P subsequent chelation by citrate
3) CFAP + biogenic hydroxaptite + Acid dissolution at moderately low pH
CaCO; bound P and/or chelation of Ca®" by acetate
(4) FAP Acid dissolution
) Dry oxidation at 550" 1M HCL
%) Organic P ) )
extraction of ashed residue

3.2.11. Statistical analysis

All data analyses were conducted with SPSS (IMB®) or the Microsoft Excel® computer
software. To examine the relationships between moraine age (independent variable) and
dependent variables such as chemical concentrations both simple and multiple regression
analyses were conducted. Simple regression was used to identify the patterns (e.g. linear or

nonlinear) of the relationship with each dependent variable. Data normality was checked using
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a Shapiro-Wilk test and Z scores and histograms to select appropriate parametric or non-
parametric statistical tests. For the statistical comparison of means, using their sum of squares,
a test for homogeneity of variances is required and for this Levene's test was applied. If the
variance level from this test was >0.05 a one-way ANOVA test was used to test independent
data sets for their statistical significance (significance level 0.05) on one dependent variable
and two or more (independent variables) groups. Furthermore, data with unequal variances
(Levene's test <0.05) were tested for their significance using Welch’s ANOVA test (Manly,
2008).
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Chapter 4. Results: Sulfide Oxidation, Carbonate
Dissoultion and Silicate Weathering in A High-Arctic
Forefield

Abstract

Melting glaciers and ice-sheets scour out landscapes creating expansive forelands where tills
are deposited. Depending on the glacier catchment lithological units and its sediment-transport
regime, geochemical highly reactive mixtures of carbonates, sulfides and silicates may be
present in a forefield weathering arena. In such arenas weathered sulfide mineral producing
acid can be attenuated through neutralization of this acid by the dissolution of carbonate and
silicate minerals. Such reactions could be important in newly deglaciating, soil forming-
landscapes as they can either act as potential sinks or sources of CO,. To this end, this chapter
aimed to evaluate the extent of the linkages between sulfide, carbonate and silicate weathering
processes and if and how they can regulate CO, budgets during the initial stages of soil
formation in the High-Arctic progalcial area of Midtre Lovénbreen in Svalbard, Norway. Tills
within this forefield, consisted subglacial tills interspersed by superficial drapes of supraglacial
till. These till types are known to be subjected to different glacial transit and weathering
regimes prior to forefield deposition. Consequently, the properties of each till type were
compared for their geochemical reactivity. Both till types are made up of a sedimentary and
metasedimentary rock-mixture from predominately mica schists and phyllites that contained
traces of carbonate and sulfides. Till types were sampled along three century-long
chronosequence at annual-decadal time intervals and at two depths as well as in two years
(2013 and 2015). Elemental and mineralogical composition of sampled soils and of
unweathered rocks were analysed and are discussed in most cases as a function of moraine age.
Comparing empirical relationships highlights the importance of having a a prior knowledge of
a tills history and transit through the glacial domain. Subglacial derived till evidenced clear
biogeochemical gradients, while these trends were weaker or absent in the more heterogenous
supraglacial till samples. In terms of chemical weathering regime, with increased moraine age
the soils rapidly became depleted in sulfides and inorganic carbonates. Stoichiometric mass
balance calculations showed that both trends were driven by sulfide oxidation coupled to
carbonate dissolution (SOCD). These trends were further validated by similar chronological
trends in soil pHs and iron oxide concentrations, as well as the reliative abundance of sulfide
oxidation mediating microbes. Preferential acid neutralisation by carbonates accounted for the
slow onset of silicate weathering in the early ages of the chronosequence. This was also
mirrored by a low abundance of forefield flora and fauna that only began to establish at ages
~ >60-years. Consequently, over a century of deglaciation, silicate weathering is somewhat
limited and SOCD dominates the weathering processes. Thus, this could be a potential short-
term transient CO, source to the atmosphere. This has implications for contemporary climate
change in addition to deglaciation scenarios, where only primitive life existed and sulfides and
carbonates are present in a glaciers catchment lithology.
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4.1. Introduction

An increase in regional temperatures over prolonged periods in glaciated areas causes
deglaciation, increasing water availability and facilitating weathering in the pro- glacial till.
This ultimately leads to the development of soils, and a forefield ecosystem (Bernasconi et al.,
2011). Silicates and carbonate weathered during the initial stages of soil formation deliver key
nutrients, induce pH changes and aid the development of soil structure and texture and thus
increase a soils fertility so it can help support life (Ellis and Mellor, 1995). Moreover, forefield
weathering controls the capture and release of CO,, a potent greenhouse gas (Anderson et al.,
2000). Nevertheless, few studies have been conducted in high-Arctic glacier forefields,
particularly with the goal to assess their CO, sink or source potential. Contemporary ‘Arctic
warming’ is leading to the continual expansion of proglacial forefields (Serreze and Barry,
2011). Since the last glacial maximum, ~ 20k years ago, ~28% of the Northern Hemisphere’s

glacier and ice-sheets have retreated and new land has been exposed (Gibbs and Kump, 1994).

Forefields are dynamic environments due to the often extensive glacio-fluvial reworking.
However, large parts of glacier forefields are also transport-limited, primarily the complex
moraine areas. Here, rock:water residences times can be prolonged, with infrequent flushing
by meteoric inputs or by meltwaters from in-situ melting snow and ice or active layer thaw.
This contrasts with the glacier to forefield interface where, over the course of a melt season
surface or subsurface glacier melt-water drains into the emergent forefield. The surface glacial
melt-water input is quite a dilute, low ionic strength fluid (<40 mmol; (Tranter and Wadham,
2014), while the subglacial melt-waters can be more often nutrient-rich (Wadham et al., 2001;
Irvine-Fynn and Hodson, 2010b). At the receding glacier snout, new bedrock is sometimes
exposed, yet often overlain with a complex amalgamation of cm to meters-thick glacial till
consisting of heterogeneous mixtures of ground-up bedrocks from within the catchment area
of the glacier (Boulton, 1978; Glasser and Hambrey, 2001). It is well-known in the
glaciological literature, that glacial till and its transit through the subglacial, supraglacial or
englaical domain results in highly heterogeneous chemical and physical characteristics.
However, the differences that such processing would cause in the glacial forefield have so far
not been studied, although these differences are potential important for soil formation in glacial
forefields. Subglacial till has a ground-up fraction that is a mixture of finely comminuted

‘glacial flour’, which is characterised by a large and chemical reactive surface area binding the
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mm — cm ‘soil’ fractions (Tranter et al., 1993; Brown, 2002). On the other hand, supraglacial
till is typically well-lithified, angular and less mechanically weathered (Boulton, 1978)
Consequnelty, it is likley that it has different chemical weathering dynamics to subglacal till
(for a full review of glacial till types see, Chapter 2, Section 2.3). In this study all till types and
ground-up bedrock mixture exposed in the forefield are termed the ‘parent material’ (from
which soils form) and their composition exert a major control on weathering and soil formation
rates (Bluth and Kump, 1994). This is contrasted to “source rocks”, which reflect the totally
unweathered bedrocks lithological units in the catchment area and the ‘soil’ fractions, which is

all material smaller than 7 mm. This differentiation will be followed through the whole thesis.

In the High-Arctic forefield studied in this work, the source rocks consist primarily of felsic
rocks and thus are predominantly made up of silicates minerals, but these are occasionally
interspersed with sedimentary carbonate layers (see section 2.1.). In silicate dominated
weathering environments, it is possible that even trace amounts of carbonate and sulfide
minerals present can dominate the weathering reactions. Linked to this, also chemical changes
in meltwater fluxes of aqueous carbon, cation (primarily Ca,") (e.g. Blum et al., 1998; Jacobson
and Blum, 2000) and / or sulfur speciation (e.g. Anderson et al., 2000; Wadham et al., 2001 &
2007; Hindshaw et al., 2016). Previous studies suggested that proglacial activity favours
carbonate weathering if present, despite their relative scarcity compared to silicates, which

weathering is delayed to longer time periods (Tranter, 2003).

The balance between carbonate vs. silicate weathering reactions in part controls global C cycle
dynamics. Silicate weathering such as the weathering of Ca/Mg-feldspars (e.g., anorthite or
olivine) ultimately leads to one mole of atmospheric CO; being captured in carbonates, exerting
a negative feedback on a warming climate (Berner et al., 1983). On the contrary and unlike
silicate weathering, carbonate weathering has been conventional perceived as being either a
short-term sink of CO, on glacial-interglacial timescales (Anderson et al., 1997; Martin, 2016),
or being carbon natural over geological time scales (Kump et al., 2000). Interestingly, sulfides
oxidation (such as, pyrite) can enhance carbonate and silicate weathering rates through the
production of sulfuric acid. Although it is only carbonate weathering by sulfuric acid that is a
CO, source on timescales of the sulfur cycle 10”. Only recently has this reaction gained
attention from the biogeochemical community as being an important and potential CO, source
in non-glacial and glacial forefield s (e.g. Anderson et al., 2000; Wadham et al., 2001; Wadham
et al., 2007; Lerman et al., 2007; Torres et al., 2014; Hindshaw et al., 2016). For all general
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chemical reactions that act as potential CO, sinks or sources, See Appendix A. Table. 2 and

Chapter 2. Section. 2.5.1.

Arctic glaciers in Svalbard have progressively retreated since the end of the Holocene ice
maximum. Fortuitously, this presents a unique opportunity as natural laboratories are created
that are advantageous for studying time-resolved processes along choronosequences. As
glaciers retreat, a succession of moraines are deposited that can be dated (Huggett, 1998). A
space for time, chronological approach enables a detailed temporal and spatial-resolved,
evolutionary understanding of the abiotic-biotic processes that govern or control the weathering
of carbonates, sulfides and silicates. Concomitantly with the physical or chemical weathering,
high-Arctic glacial forefields are also likely sites of the slow development of microbial
ecosystem (Bradley et al., 2017) and later plant colonization (Hodkinson et al., 2003). Such a
geo-bio interaction, provides therefore, an ideal modern day analog system for elucidating soil-

forming reactions during their initial stages.

Silicate weathering intensity in transport-limited environments is principally driven by mineral
dissolution kinetics that is strongly dependent on temperature (West et al., 2005). A small
deviation in temperature such as the regional warming in Svalbard over the last century
(Bradley et al., 2017; Ferland et al., 2011) could lead to changes in silicate weathering in
forefield settings as they further exacerbate physical and chemical weathering (Tranter and
Wadham, 2014). In climate-sensitive forefield ecosystems in European Alpine forefields
(Smittenberg et al., 2012), in some cases, document a significant transformation of plagioclase
to kaolinite over a decade of deglaciation (Mavris et al., 2010; Mavris et al., 2011). However,
other studies could not confirm this and their data lacked evidence for significant silicate
weathering prior to about 100 years of exposure (Bernasconi et al., 2011). In high-Arctic
forefields, so far only two studies reported that silicate weathering was limited or only occurred
after ~ 100 years (Anderson et al., 2000; Wadham et al., 2007). Their findings were, however,
solely based on two melt-seasons worth of melt-water chemistry measurements and no
evidence of what happens in the new soils was available. In contrast, the studies in European
Alpine forefields (Marvis et al., 2010, 2011 and Bernasconi et al 2011a) measured silicate
weathering both through melt-water chemical changes, but also through analyses of the
weathered rocks and proglacial soils. Both approaches (aqueous only or aqueous / solid
analyses) have advantages and limitations. Chemical changes measured in soil and rocks

represent the long-term average of an integrated effects of weathering from the point of
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sampling (West et al., 2005). In contrast, continually measured melt-waters chemistries capture
a continuum of short-term changes in seasonality. A comparison with other weathering arenas
in more temperate or alpine settings is needed to evaluate the long-term effects of that have
occurred in deglaciating and emerging Arctic forefields. In this study, for the first time a rather
comprehensive suite of complementary chemical, physical and biological analyses to assess
the changes in the solid materials (soils, glacial till) an approach that has so far not been
attempted. The aim is to derive evidence for reactions that dominate the weathering arena, in
subglacial and supraglacial till, and evaluate if combined —geo-bio weathering in High-Arctic
pro-glacial settings are a potential source and sink of CO,. In this chapter, primarily carbonate
and silicate weathering is addressed and in Chapter 5, organic carbon and other nutrient

dynamics.

It is hypothesised that in a transport-limited forefield consisting primarily of glacial till derived
soils that are characterized by silicate rocks containing only minor sulfide and carbonate
components, sulfide oxidation will nevertheless drive carbonate dissolution, and only at a later
stage will silicate weathering set in. To test this hypothesis, three chronosequences will be

analysed in a High-Arctic glacial forefield in Svalbard.

4.2. Methods

4.2.1. Study area

Midtre Lovénbreen and its glacial forefield are situated in a north-facing catchment on
Broggerhalveya, Northwest Svalbard (78°50" N., 12° E.) (Fig. 4.1). The mean annual air
temperature and precipitation recorded at NY-Alesund from 1961-1990 (approximately Skm
East of Midtre Lovénbreen) during the summer and snow free months are -5.8 °C and 20mm,
respectively (Svendsen et al., 2002). Midtre Lovénbreen is a polythermal glacier with a
subglacial drainage system (Irvine-Fynn and Hodson, 2010a). Glacier mass balance studies
have documented its decline since 1967 (Hagen and Liestol, 1990; Hagen et al., 2003). The ~2
km? forefield contains a succession of moraines deposited at an average retreat rate of ~14 m/
year since the last Holocene ice maximum in 1890-1905 (Glasser and Hambrey, 2001;
Hambrey et al., 2005). The forefield consists of a clear vegetation chronosequence (Fig.4.2)

and where soil has developed it is immature stony in nature and this reflects its parent material



76

glacier till genesis. The soils also have no horizons and subsequently they are classified as
Leptosols and Regosols (FAO, 2006). Soils and glacial till are however effected by
cryoturbation processes that in part result from an annual active layer thaw depth of
discontinuous permafrost (Hodkinson et al., 2001; Hodkinson et al., 2002; Hodkinson et al.,

2003; White et al., 2007).

Unlike most high-Arctic forefields, this location has been well studied in terms of its
glaciological, periglacial, and glacigenic geomorphological depositional processes (Glasser
and Hambrey, 2001; Irvine-Fynn et al., 2005; Midgley et al., 2007; Irvine-Fynn et al., 2011) as
well as of its glacial and proglacial nutrient cycling (Hodson et al., 2004; Hodson et al., 2005;
Wynn et al., 2006; Wynn et al., 2007; Hodson et al., 2008; Anesio et al., 2009; Irvine-Fynn and
Hodson, 2010b; Anesio et al., 2010; Mapelli et al., 2010; Borin et al., 2010; Ansari, 2016).
Furthermore, several studies have addressed the colonization of the glacial forefield areas by
vegetation and invertebrates (Hodkinson et al., 2001; Hodkinson et al., 2002; Hodkinson et al.,
2003; White et al., 2007).
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Figure 4.1. Schematic map of the Midtre Lovénbreen and its forefield including some of the
main landscape features and the sites sampled along transects Trl, Tr2, and Tr3. Also shown
are two of the major moraines deposited at the end of the little ice age (LIA), which in
Svalbard is late and this moraine was dated to be from ~1920 and an older moraine dated as >
~2000 years old (Hodkinson et al., 2003); this outermost moraine is sometimes interpreted as
representing the remnants of a final ice retreat following the late end of the last glacial
maximum (LGM) in Svalbard ~ 9-12 K years (Mangerud et al., 1992).



lcing

Kettle pn:l(‘l\

Figure 4.2. Photograph mosaic of the sampled and dated moraine sites from Midtre
Lovénbreen, Svalbard. The overview photo included, an aerial photograph (facing north),
shows the forefields, key landscape features and the transects sampled that are delineated and
labelled. Note: not all ages sampled were photographed those taken represented clear
observational changes in the forefield with increased age. The site ages present in this figure
show at zero-years (the glacier snout) the ground was fully saturated with glacial melt-water
runoff. Here only lichens were observed. Similar characteristics persisted until the >50-year-
old moraine where isolated vegetation patches consisting of mosses and cyanobacterial matts
(photo not available) were observed. These became expansive vegetation carpets at the 113-
year-old moraine where mosses, sphagnum, grass forbs and vascular plants of the Saxi genus
were well-established. At site 2000-years (a reference site) vegetation coverage was 100%
and comprised of a diverse range of mosses, sphagnum, grasses and vascular plant of the Saxi
genus. A thick OM layer >15cm was observed.
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The dominant lithological rock units in the glacier catchment are metasediments. The headwall
is composed primarily of metamorphic mica schists and quartz-carbonate-conglomerates of the
Proterozoic Kongsvegan Group (Harland et al., 1997). The lower section of the glacier erodes
a mixture of phyllites, quartzites and psammites of the Nielsenfjellet formation (Norwegian
Polar Institute: www.svalbardkartet.npolar.no, 2013). Finally, Permian chert outcrops and
dolostone of the Gipsdalen Group (Glasser and Hambery, 2001), conglomerates (Borin et al.,
2010) and sandstone rocks (Hodson et al., 2005; Irvine-Fynn and Hodson, 2010) have also been
noted in the proglacial area. This complex lithological mixture evidences the heterogeneous

nature of the rocks to be found in the Midtre Lovénbreen forefield.

4.2.2. Types of glacial till in Midtre Lovénbreen forefield

Midtre Lovénbreen’s forefield is comprised of two macroscopically identifiable glacial till
types. The most visually prominent type is supraglacial (with a minor component of englaical)
and this is expressed as dark till strips composed of angular clastic material that propagate from
the glacier surface and continue across the forefield. Between these strips, the second type of
till, with characteristic prominent white till strips is composed of a mixture of gravel that spans
all sizes from clay, silt sand to pebble and boulder gravel; these originated from wet-based and
fluvial subglacial conditions, and are in part mixed with englaical till (Glasser and Hambrey,
2001). The supraglacial-subglacial dark-white alternating banding is clearly seen in, Figure

4.3.

Midtre Lovénbreen

Figure 4.3. Photograph facing north towards Kongsfjorden showing two types of till stripes
in the Midtre Lovénbreen forefield; dark stripes represent remnants of supraglacial till, while
lighter stripes represent subglacial till. Transects Tr1, Tr2 and Tr3 are delineated by black
dotted lines. Photograph copyright: Alexandre Anesio
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4.2.3. Sampling procedure and in-field geochemical measurements

The glacial forefield and its supraglacial and subglacial till areas were sampled during July,

2013 along three ~ 1.5 to 2 km long mostly linear traverses (Trl, Tr2 and Tr3) previously

delineated using GPS points (Table. 4.1). The selected sampling points were set to avoid

obvious hydrological features and areas subject to major surface re-distribution by thermal,

aeolian and fluvial processes post glacial retreat (e.g., (Irvine-Fynn et al., 2011). One set of

samples was collected from an ephemeral proglacial washout plain (estimated to be ~ 73-year-

old; see below).

Table 4.1. Midtre Lovénbreen glacial forefield chronology: moraine ages along the three
traverses (Trl, Tr2, Tr3) were derived from either Hodkinson., et al 2013 (through C;4 (RC)
dating and aerial photography, H); or from satellite imagery (S) from Landsat 4, 5 and 7
Quickbird and those on from the Norwegian Polar Institute: www.svalbardkartet.npolar.
Unknown ages were estimated by pro-rata distance between two known ages (P) assuming a
linear rate of retreat (Hambery et al., 2005). * not sampled.

Moraine Age  Dating Approach Trl Tr2 Tr3
(years) # # # #
0 3.G 12°3'4.504 E 12°3'20.233 E 12°3'38.759 E
’ 78°53'48.134 N 78°53'46.85 N 78°53'44.903 N
) 3. G 12°3'5.902 E 12°3'24.428 E 12°3'40.507 E
’ 78°53'48.942 N 78°53'47.73 N 78°53'45.778 N
3 S L 12°3'6.951 E 12°324.777 E 12°3'42.255 E
’ 78°53'49.615 N 78°53'48.471 N 78°53'46.519 N
5 3. G 12°3'9.048 E 12°3'26.875 E 12°3'44.003 E
’ 78°53'50.894 N 78°53'49.009 N 78°53'46.99 N
13 p 12°3'16.388 E 12°3'30.021 E 12°3'52.741 E
78°53'55.327 N 78°53'49.952 N 78°53'50.288 N
1 p 12°3'26.525 E 12°3'34.215 E 12°3'45.325 E
78°53'59.845 N 78°53'52.442 N 78°53'55.807 N
12°3'48.896 E
* *
25 P 78°53'59.172 N
29 u 12°3'31.419E 12°3'3.461 E 12°4'11.966 E
78°54'2.268 N 78°53'57.826 N 78°53'58.903 N
40 0 12°3'39.109 E 12°3'52.392 E 12°4'22.453 E
78°54'6.709 N 78°54'06.653 N 78°542.403 N
50 u 12°3'46.449 E 12°4'9.869 E 12°4'33.638 E
78°54'11.149 N 78°54'9.4 N 78°54'7.516 N
12°4'21.404 E
* *
73 H 78°54'14.446 N
113 u 12°4'2.528 E 12°4'32.29 E 12°4'57.058 E
78°54'19.558 N 78°54'18.953 N 78°54'17.201 N
2000 H.RC « 12°4'45.523 E «

78°54'34.89 N
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At each site, three points were sampled at two depths (0-15 and 15-30cm) along a 10-meter
line perpendicular to the traverses. Sampling was done by evacuating the material selected at
a point surface and digging a soil pit down to 30 cm using a cleaned shovel. Once this was
done, sterile instruments were firstly introduced to the surrounding soil then used to collect
samples. To quantify the effect of time of chemical weathering, a chronosequence approach
was employed. The ages 0 years (glacier’s snout position in 2013) 2, 3, 5, 13, 21, 25, 29, 40,
50, 73, 113 and ~2000 years (as a reference sample; Table 1) were determined along each of
the three transects based on a combination of satellite imagery for the most recent ages, and
aerial photograph for the older ages (source: Norwegian Polar Institute, 2016). All of the ages
derived were validated using dated moraine ages (Hodkinson et al., 2003). All ages for
sampling points positioned in-between dated moraine ages, were estimated from a linear retreat
rate (Hambrey et al 2005). In total n = 196 samples were collected from the proglacial zone of

Midtre Lovénbreen.

An additional set of 15 bulk glacial till soils were collected in July, 2015 from the GPS
coordinates from sites on Trl and Tr2 from the top 15 cm layer. However, in 2015 samples
only from ages 0, 3*, 5, 13, 29, 40, 50 and 113 (*collected only on Trl) were collected.
Individual source rocks (n = 10), representing the various lithologies in the glacier catchment,

were collected; care was taken to select individual, un-weathered as possible, rocks.

4.2.4. Analytical methods

4.2.4.1. Basic properties and sample preparation

Samples collected in 2013 and 2015 were oven-dried for 48 h at 40 °C. The dried samples from
2013 were sieved to <7 mm, while the samples collected in 2015 were sieved to three size
fractions (>7 mm, 7 mm to 2 mm and <2 mm). Hereafter the <2 mm size fractions from 2013
and 2015 will be referred to as “soil samples”, while the >7 mm and 7 mm to 2 mm size
fractions will be referred to as “parent material”, while the single unweathered rocks
representative of the local lithology are termed “source rocks”. Aliquots of all dried soil, parent
and source rock samples were crushed using an agate disk-crushing mill and sieved to <63 um
prior to any further analyses. On five selected samples, from young and old moraine ages, the
clay mineral fraction was separated using gravity dispersion. The dried bulk sample was gently
broken up and placed into a labelled 1 L separating tube. The tube was filled with water to the

600 mm line, then 1 ml of dispersant was added (sodium hexametaphosphate solution) and it
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was shaken for 10 min. and left to settle for approximately 16 h. This time was calculated
using the Atterberg computer program to the time or height of fall. Dispersed samples were

filtered using Millipore Isopore 0.4pum filter papers.

Soil pH was measured both in sifu using litmus pH indicator paper, and on return from the field
in a laboratory. Field pH was measured using a 1:2 ratio of soil: deionized water after vigorous
shaking for 30 s at about 12 °C. After inserting the litmus paper into a soil slurry, it was
removed, left to dry for 30 s and the semi-quantitative result was noted. Upon return to Leeds,
pH analyses were done using deionized water (Millipore, Milli-Q) in a 1:2.5 soil: water ratio.
This mix was left to react for 30 min. on a shaker and then left to settle for 60 min. before
taking a reading of the pH in supernatant using a glass electrode (VWR, #622-1759) and a pH
meter (Hanna 210) calibrated just prior to use using NIST standard buffer solutions at 19 °C.

4.2.4.2. X-ray diffraction (XRD)

Aliquots of the <63um sized bulk <7mm and clay mineral fraction powders were analysed for
their mineralogical composition using X-ray diffraction (XRD) (Bruker D8) using a step size
01 0.03° 26 and a counting time of 2 s/step over a range of 2-90° 20. Constituent mineral phases
were identified with reference to the TOPAS Bruker Structure database and the
Crystallography Open Database using the software DIFFRAC.EVA v.3.0 and TOPAS v.4.2
for multiphase Rietveld refinement (Rietveld, 1969; Bish and Howard, 1988). Only mineral
phases >3% in abundance were assumed to be quantifiable, due to the complex and

heterogeneous nature of pro-glacial samples.

4.2.4.3. X-ray florescence spectroscopy (XRF)

Major (Si, Al, Fe, Mg, Mn, Ca, Na, K, Ti, P) as well as minor and trace elemental
concentrations (Ba, Co, Cr, Cu, Ga, Ni, Pb, Rb, S, Sr, V, Y, Zn and Zr) in all <63 um sized
powdered samples were analysed using X-ray florescence (XRF) spectroscopy (PANalytical;
Axios) on fused glass pellets that were prepared using a 1:6 ratio of sample: fluxona plus 0.7 g
of ammonium nitrate. Samples were melted in platinum crucibles by heating them on a five-
stage, melting stage. The temperature ranged from 450 to 1100 °C and it was reached over a

30 min. melting period. After the final heating stage, the molten rocks were cast into a platinum
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form that was left to cool before being analyzed. For major elements, the data is reported as
oxides in wt%, while minor and trace elements are reported as elements in ppm. The standard
reference material Granit GM (Abbey, 1980; Dulski, 2001) was used and analytical accuarcies
of were + <0.06 (wt %) 95.0% confidence limit obtained for most element oxides and + <8.83
(ppm) 95.0% confidence limit for the minor and trace elements see, Appendix B. Table. 14 &
15.

4.2.4.4. Sulfur and carbon analyses

Total sulfur (TS) and total carbon (TC) were analysed using an elemental analyser (LECO SC-
144DR) by combusting the samples at 1350°C for 180-seconds. The limits of detection
(Hindshaw et al.) were 0.014 wt% for TS and 0.059 wt% for TC while the limits of
quantification (LOQ) were 0.04 wt% for TS and 0.154 wt% for TC. The standard reference
material, (LECO, soil, part no. 502-062; 0.029 + 0.004 sulfur (wt%) and 2.02 £+ 0.06 carbon
(wt%). Repeat analyses gave an analytical accuracy of 0.029 £ 0.001 (wt%) for sulfur and 1.98
+ 0.02 (wt%) for carbon. Total Inorganic Carbon (TIC) was determined as the difference
between the initial TC and a second analyses of total carbon performed after acid treating the
initial samples with 10% HCI at room temperature for 24 h to dissolve all inorganic carbonates
(Schumacher, 2002). Once effervescing of CO, gas due to the dissolving carbonates had
stopped, samples were centrifuged, the acid washed off and dried at 40 °C to avoid loss of

volatile organic carbon (Caughey et al 1995) and re-analyzed.

Isotopic compositions of the inorganic carbonate carbon in the TIC fraction of selected samples
(8"*C-TIC) were measured by reacting an aliquot of the initial powdered bulk samples (0-15
cm depth; transect (Tr1) with phosphoric acid at 50 °C to produce carbon dioxide (McCrea,
1950). Data were corrected following the method of Craig (1957) and are reported as delta (J)
per mille (%o) relative to VPDB. Accuracy and reproducibility (sn_1) for 8'°C was assessed by
replicate analysis of standrads (NBS-18, NBS-19) and an internal standard calcite BCSB.
Values obtained for NBS-18 relative to NBS-19 were identical to those reported by Gonfiantini
et al. (1995) within the limits of analytical uncertainty. Reproducibility for isotopes were better

than 0.1%.

Pyrite and acid volatile sulfides were determined via the chromous chloride extraction scheme

(Canfield et al.. 1986) (see Appendix. B. Table. 3).
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4.2.4.5. Statistical tests

All statistical analyses of data were conducted with SPSS (IMB®™) and Microsoft Excel®
computer software. To examine the relationships between independent variables (e.g. moraine
age) and dependent variables (e.g. chemical concentration) regression analyses were
conducted. Regression was used to identify the pattern (e.g. linear or nonlinear) of the
relationship with each dependent variable. Correlation coefficients (Pearson’s r value) and
significance (p values) denote the strength and significance of correlations. Parametric or non-
parametric statistical tests were conducted prior to data normality checks using a Shapiro-Wilk
test and Z scores and histograms to select appropriate tests for the statistical comparison of
means. Between the two years sampled (using their sum of squares) an independent t-test was
used. Prior to using this, Levene's test of homogeneity of variances was used to determine the
variance between the variables. If a significance level was >0.05, then equal variance between

the variables was assumed.

4.2.4.6. Calculations to quantitative evaluate chemical weathering: Chemical
Weathering Indices and mass gains and losses

Chemical weathering indices (Table. 4.2) were used to quantify elemental variations in all
samples. Mineralogical changes were inferred by stoichiometric changes in mobile elements
(Ca*", Na" and K") vs. immobile elements (AI’" from primary and secondary minerals i.e.
feldspars and clay minerals). The chemical index of alteration was used as it was derived for
metasedimentary rocks and tested on glacial tills (Nesbitt and Young, 1982). Consequently,
this was deemed the most appropriate weathering indices for our complex glacial forefield
samples. The plagioclase index of alteration (PTIA) (Fedo et al., 1995) was also used to quantify
any specific trends in chemical weathering of plagioclase, being highly abundant in
metasediments. While the WIP index (i.e. Parker, 1970) was used as it has been previously
shown to also be an effective indicator of weathering trends in heterogeneous metasediments
(Price and Verbel, 2003). Another approach commonly used to quantify weathering is
elemental mass gains and losses (White et al., 2001; White et al., 1997) whereby again
molecular proportions are reported as ratios of mobile vs. immobile oxide concentrations, but
incorporate soil fraction vs. parent material fractions (see below). These approaches are
advantageous for materials, which do not weather isovolumetrically or that have been affected
by mechanical processes (e.g., turbation in soils) (Price and Vebel., 2003) that tills are

subjected to in glacier forefields. Although bulk densities are often used in tandem with
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immobile elemental oxides acting as an independent standard against which each index is

compared, they are not necessary as volumetric changes are accounted for instead by assuming

immobile elemental oxides behave as so (discussed below). Moreover, determination of bulk

densities in heterogeneous materials such as glacier tills is difficult since it is often unsorted,

unstratified mixtures of clay, silt, sand, gravel, and boulders with dissimilar distributions over

short distances (Crocker et al., 1955).

Table 4.2. Chemical weathering indices

Ideal
Chemical Optimum  weathering
Weathering Formula (weathered/ trend Reference
Index fresh value) (increase in
weathering)
Nesbitt
(100)[(A1203/ (A1203 + CaO* + NaZO +
CIA 100/50 Positive and Young
K,0)]
(1982)
(100)[(AL,O3/(Al,O3 + CaO* + NayO - Fedo et
PIA 100/50 Positive
K,0)] al., (1995)
(100)[(2Na,0/0.35)+(Mg0/0.9) + . Parker
WIP 0/>100 Negative
(2K,0/0.25)+(Ca0*/0.7)] (1970)

(CaO*silicate = Ca()total - (Caocarbonates + Caoapatite) Equation 41

It is worth noting that when testing the use of various weathering indices to silicate-based

materials, to achieve an accurate and precise chemical weathering intensity quantification,

several assumptions must be addressed or made.

1) The term CaO represents calcium in silicates only. To this end, all XRF analyses were

corrected for Ca contributions from carbonates and apatite (see Equ 4.1. and for full

explanation of how this was done see in Appendix B. Table. 18).

2) Chemical weathering indices applied to heterogeneous sediment can derive erroneous

results due to an uneven distribution of elements and different modal abundances of

minerals in its volume. Glacial till is synonymous with heterogeneous mixtures of

physically and chemically altered rocks. Nevertheless, subglacial glacial till deposited

in forefields that undergoes glaciofluvial transit may be well-mixed and thus more

homogenous than other types of glacial tills (Boulton, 1978). In addition, it is assumed
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the weathered fraction is derived from the parent material fraction, which may not be
valid for heterogeneous glacier till deposits. Differences observed in immobile
elemental oxides behaviours in soils can help evaluate the extent of allochthonous
contributions to a soil (see below).

The immobile elements selected must remain chemically inert and conservative in the
soil volume during weathering. This assumption is unwarranted for samples with a pH
below 4.5 (Gardner, 1980) and in a redox active environment, or where biological
organic ligands are exuded at even low concentrations, as they can facilitate the release
of di- and tri-valent metals (i.e. AI’") from both octahedral and tetrahedral layers (in
sheet-silicates e.g. biotite) (Bray et al., 2015). In the forefield of Midtre Lovénbreen,
soil pH is unlikely to reach values <4.5 due presence of carbonates in the catchment
lithology, surface tills were observed to porous and aerated (for all measured pH values
see Fig 1 in Appendix B) and soil fauna and flora is spars up to 60-years-old (Hodkinson
et al., 2003) although could have an effect. Immobile elemental oxides' (Al,O3, TiO,,
and ZrO;) behaviours were tested for whether to infer chemical weathering in the
glacial tills in Midtre Lovénbreen, using Eq. 4.2. Those that behaived as inert and
conservative as a function of age (i.e. Al,O3 which was only slightly mobile, for results:
see Appendix. B. Fig.5), were selected for weathering indices and mass gain and loss
calculations. Changes in immobile element concentrations are usually described by the
elemental concentration ratios (V; mol/kg) of an immobile element, i, in the un-

weathered parent material uw, relative to the weathered soil w.

— [Vi,uw]_1 Equation 4.2
T Viwl

Values clustered around zero (&, = 0) indicate limited mobility in the soil fraction
relative to the parent material. Negative values of g, are indicative that an element is
not immobile in the soil fraction relative to the parent material, whereas a positive value
of &, means an additional external factor affected the value.

In all of the weathering indices in Table 2, erroneous results can be derived due to the
potential influence of K-metasomatic in metasedimentary rocks (Fedo et al., 1995).
This is particularly true for CIA values ,as this is particularly relevant to metasediments,
yet CIA values within the incipient weathering range (50 to 60) are assumed to not be

affected by K-metasomatism.
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Quantitative losses and gains of elements due to chemical weathering are described in terms of
their compositions in the smaller grain-size fractions relative to the un-weathered larger parent
material fractions. Mass transfer due to weathering, 7,, of a chemical weathered element, V, in
the <2mm grain-size fraction, V,,, are corrected for CV,,, by ratioing an immobile element in
the un-weathered parent material, V;,,, against the corresponding immobile element
concentration (mol/kg), V;w, in the weathered material Eq. 4.3. The difference between the
corrected and un-weathered element, V,,, gives the mass transfer of an element during

chemical weathering, Equ. 4.4.

Ve l[ Vi uw] Equation 4.3
[CVy] = T
iw
Te=[cvy]-[Vuw] Equation 4.4

When 7. is negative, elemental concentrations have been depleted during chemical weathering,
a positive number means an increase in elemental concentration and when 7, = 0 elements

remain refractory during chemical weathering with respect to the parent material.

4.3. Results

4.3.1. Variations in physical-chemical properties

The grain size fractionated samples collected along Tr1 exhibit an increase in the proportion of
the smallest fraction <2 mm with age, and decrease in the proportion of the largest fraction, >7
mm within the bulk mixtures, while the median size fraction (2-7 mm) remains roughly
constant (Fig 4.4 top plot). The ratio between the smallest (in blue) and largest (in green) size
fractions increased markedly with increasing age. In contrast, in the samples from Tr2, a
bimodal distribution is evident for all moraine ages (Fig. 4.4, bottom plot), with nominally,

slightly increased proportion of larger fraction and decreased in the smallest fraction with age.

The pH in all samples was close to near neutral (6.5-8.3; arithmetic mean 7.5; Appendix. B.

Table 1.). When plotting the pH against moraine age an inverse correlation is visible, although
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this was only slight and insignificant in Tr2 size fractionated samples (Appendix. B Fig. 1.b).
It is however, noteworthy that the pH of the samples of younger ages showed a bigger scatter
in values, compared to the older samples that showed less variability. In general, concurrent
trends were evident in the grain sized fractioned samples, however, large grain-sized fractions

from Tr2 were less dependent on moraine age.

70 A Trl

60 - (subglacial)
50 -
40 A

£ 30 A
20 -
10 A

0

0 3 5 13 29 40 S0 113
Moraine age (years)

70 - Tr2
60

(supraglacial)

(%)

0 5 13 29 40 50 113
Moraine age (years)
W<2 m2-7 m >7mm

Figure 4.4. Grain size distributions (% of total bulk) for each of the grain size fractions
<2mm 2-7mm and >7mm sampled along Tr1 and Tr2 in 2015.

4.3.2. Carbon and Sulfur Variations

Total inorganic carbon (TIC) and total sulfur (TS) (expressed as sulfide) from each size
fractionated sample and the source rocks are shown in Fig. 4.5, 4.6 & 4.7. In all samples, TS
was assumed to be associated with sulfide minerals (i.e. pyrite; for justification see Appendix.B
Table. 3 & Section 4.1). TIC contents in the sandstones, psammites, schist and phyllite (except
for psammite 1) varied between negligible and concentrations <1 wt%, while psammite 1 and

the conglomerate, which contained a possible carbonate matrix, as well as the dolomite had
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higher TIC values (from 2.83 to 10.69 wt %). Source rock TS was lowest in dolomites <0.005

wt% and highest in the conglomerate 0.1 wt%.
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Figure 4.5. Source rock TS and TIC concentrations. Note: TIC is on a log scale.

Overall, regression analyses revealed in all size fractions and depths in the subglacial till (Tr1),
a negative correlation in both TIC and TS. In most cases these correlations were moderate to
strong (» = 0.38-9.1) and in all cases, significant (<0.01). As such, this indicates a TIC and TS
depletion as a function of moraine age, (Fig. 4.6 & 4.7; for correlation coefficients see
Appendix B. Table 5 & 6). Conversely, in the supraglacial till bands in Tr2 and Tr3 in most
cases, with the exemption of 2-7 and >7 mm size fractions, TS is negatively correlated with
age while TIC is uncorrelated. Bulk surface (0-15cm) and subsurface (15-30cm) samples, in
general, show no significant difference (p =>0.05) in TS and TIC except TIC in the subglacial
till band (Appendix B. Table 8). Interestingly, although similar trends are present between the
two years sampled, 2013 and 2015, there is a significant difference between TIS and TIC
(Appendix B. Fig. 2. & Table.B.9), which could suggest there is some inter-annual-seasonality

in their measured concentrations.
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Figure 4.6. Total sulfur (TS, expressed as wt % sulfide, blue) and total inorganic carbon
(TIC, wt %; red) as a function of moraine age for the subglacial (Tr1) and supraglacial till
(Tr2) sampled in, 2015. Note for regression analyses and pearson’s r correlation coefficients
see, Appendix B. Table. 6.

Along Trl the subglacial till is associated with more TIC and TS variability in the larger grain
size fractions. Whereas in the supraglacial debris on Tr2 and Tr3 the TIC and TS variability is
independent of grain size fraction and the significant variability likely reflects the
heterogeneous nature of these pro-glacial till deposits. Although, in all transects variances were
observed primarily at younger age where glacier meltwater runoff caused sediment mixing,
and a marked difference was seen at 73 year-old (15-30cm depth in Tr2, TIC = 1.12 wt%; Fig.
4.7) moraine located in an ephemeral pro-glacial washout plain. Therefore, this sample was

likely an isolated carbonate nugget derived from further up the glacial catchment.
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Figure 4.7. Total sulfur (TS; blue) (expressed as sulfide) and total inorganic carbon (TIC;
red) and for Trl, Tr2, and Tr3 as a function of moraine age for the depths 0-15¢cm and 15-
30cm sampled in 2013. Each symbol is X of n=3 samples taken at each moraine age along a
10-meter travers and bars repersent 16 sd. Note for regression analyses and pearson’s r
correlation coefficients see, Appendix B. Table. 5.

The stable inorganic carbon isotopes (6"°C-TIC) concentrations of bulk soil samples from Trl
(sub glacial till) at 0-15 cm depth showed little site-specific variation as a function of moraine

age with a mean X -1.40 %o apart from two outliers at -0.2 and 1.7 %o at 21 and 29 years-old
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(Fig. 4.8.a and tabulated in Appendix. B, Table 1. The 6"*C-TIC isotopic signatures of the
source rocks the each of the lithologies in the catchment of Midtre Lovénbreen representing
Trl ranged from -10.6 to +4.4 %o with an arithmetic mean of -1.18 %o (Fig. 4.8.b). These values
are typical of TIC derived from marine carbonates (Anderson and Arthur, 1983; Galimov,
1985). The 6"*C-TIC isotopic signatures of the bulk soil samples comprise of mixed source
rock TIC within the glacier till parent material and soil samples. Soil sample TIC is
predominantly associated with the mica schist -1.40 %o source rock. While the other source
rocks: psammite 1, 2 & 3, sandstone, conglomerate, dolomite and phyilite are minor
components in the bulk soil sample composition. The bulk-soil sample outlier (+1.7 %o) present
at the 25-year-old moraine age likely consists of a higher proportion of dolomite (+2.7 to

4.4 %o).

4 - ® Soil samples (Tr1)
i (a) < (1) Dolomite
i (2)Dolomite
— . o < (3) Dolomite
°\8 i ¢ Conglomerate
S
g O T o T T T T T T T T T T T 1 Sandstone
QU P e o ©® 4 o 80 120| * (1)Psammite
2o} 1 . 3 . s (2) Psammite
[ ]
E '. @ (3) Psammite
1 @ Mica Schist
-4 - @ Phylite
8 1 8 -
(b)
4] 4 ] o
< ] ] o
5 . o
N ]
T) 0 b ) - [} ! ! ! 0 4 L
'%5: _” : $ ° ‘5 ‘ 80 -~ Y
el 4 i
RSy ] 4 ]
8 - 8
] 1 *
-12 - 12 ]

Moraine age (years)

Figure 4.8. §"°Cric data (%o) relative to VPDB, for the subglacial till from Trl (a) and
compared with the values of the source rocks (b) of each of the rock types found in the
glacier catchment. The blue line delineates the soil sample mean -1.40 %o that is associated
with the mica schist source rock 6> Cric composition

4.3.3.1. Weathering indices as a function of age

The CIA, PIA and WIP silicate rock weathering indices show that each of the silicate mineral-

bearing source rocks that are representative constituents of the bulk glacial catchment lithology
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are defined as weathered when they have values >50 (for CIA, PIA), and <100 (for WIP)
(Appendix B. Table. 16). In all weathering indices, the data show that the metamorphosed
source rocks were the least altered, except psammite (1). This is particularly evident for the
mica schists that comprise the largest proportion of the bulk glacier till. The results from the
PIA index again show that foliated metamorphosed rocks are the least altered (i.e. mica schist
and phyllite), and contain the most Na,O and CaO associated with plagioclase. If weathered,
these source rocks have a high potential for atmospheric CO, drawdown. Non-foliated quartz-
rich metasedimentary and sedimentary source rocks (i.e., psammites and sandstones and
conglomerate) are the most altered. This is because they are enriched in aluminium yet depleted
in easily mobilised elemental oxides.. The presence of these changed source rocks in the bulk
tills could lead to them being misinterpreted as weathered in the indices used, hence the need

for cautious analysis.

The soil and parent material fractions in the subglacial (Tr1) and supraglacial till (Tr2 and 3)
differ between: the ‘freshest’ un-weathered values of (CIA and PIA = 50), to moderately
weathered values of CIA (76), to extremely weathered in the PIA (100) (Fig. 4.9). Despite this,
none of the weathering indices show a trend with a clear progression of the feldspar's
conversion to clay minerals with moraine age. Instead, marked alterations are moraine age-
specific, with higher degrees of chemical alteration corresponding to lower grade
metasediments e.g. sandstone, psammite, conglomerate, phyllite. Samples with lower degrees
of alteration are similar to higher grade metamorphic rocks i.e. mica schist (Fig. 4.12). To this
end, outliers and variability could be due to the high abundance of a particular source rock type
within the bulk glacier till samples (<7 mm; Fig 4.9. b & c). Interestingly, although the bulk
till samples showed no evidence of pedogenic weathering, the grain size, soil samples and
parent materials from the CIA and PIA indices in Tr1, could be due to weathering (Fig 4.9. a.).
These soil indices show that in most cases K,O remains immobile, and the <2 mm size fraction
are depleted in mobile elements, whilst enriched in Al,O3;, compared to its coarser parent
material It is evident from comparing the ratios of PIA and CIA that the weathering is

predominantly driven by variations in CaO + Na,O in the silicates.
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Figure 4.9. CIA, PIA and WIP indices as a function of moraine age for size fractionated
samples (a) and >7mm fraction from Tr1 (subglacial till) and Tr2 & Tr3 (supraglacial till) at a
depth of 0-15cm (a & b) and 15-30cm (c). Note: the different grain size fractions are shown
as blue circles <2mm, red squares 2 to 7mm, green triangles >7mm and black circles <7mm.
Symbols denote X of n=3 samples from each moraine age along al0-meter travers; bars
represent 1o sd. Note: not all samples aged have a sd because X is < n=3 Appendix B. Table.
12.
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4.3.3.2. Mass gains and losses in the soil relative to the parent material grain size
fractions as a function of moraine age

Elemental variation and distributions as a function of soil fraction relative to the parent material
fraction are defined in terms of 7, and plotted vs. moraine age (Fig. 4.10 and 4.11). Of the
immobile elements used in mass gain and loss calculations Al,O3; behaved as the most
refractory as a function of age (Appendix B. Fig. 5). Minimal alteration of the sesquioxides are
expected at the pH conditions prevalent in these carbonate buffered developing soils (pH ~ 7)
(Appendix B. Fig. 1). Mass gains and losses (7;) for each element showed no correlation with
moraine age, however, elemental variations between the till types and grain size fractions do
still occur. For example, SiO; and Na,O are consistently and strongly depleted in the sub- and
supraglacial till, and have a non-trending scatter. Similarly, the CaO* is scattered and non-
trending, although is both depleted and enriched. The K,O remained slightly enriched and/or

negligibly changed with moraine age.
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Figure 4.10. Subglacial debris (Tr1) elemental gains and losses plotted vs. moraine age.
Displayed are the two parent material fractions 2 to7 and >7mm and average of these
fractions all relative to the soil fraction <2mm, Eqn 3&4. Note: CaO* = carbonate corrected
CaO; SUM cations = (Na,O + K,O + CaO¥*) and plagioclase = (Na,O + CaO¥)
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The CIA index was plotted as a ternary (Fig. 4.12), and shows elemental oxides in the
weathered glacier till samples are complex. This arises because elemental oxide proportions
vary in relation to their abundance in each mineral phase, the mineral modal abundance in each
source rock, and their sorting and distribution of grain sizes. The CIA index values associated
with each source rock indicate that mica schists are ‘fresh’ and relatively unweathered (a CIA
of <50 in metasediments = unaltered), the sandstone, psammites, conglomerate, phyillite derive
weathered values (CIA >50-60 as mentioned above means altered). This is unsurprising as they
are sedimentary and lower grade metamorphic rocks, with easily depleted mobile cations, but

enriched in immobile Al.
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Figure 4.12. Chemical index of alteration (CIA) plotted as molar proportions in a ternary plot
using CaO* from silicates only for the subglacial (Tr1) and supraglacial (Tr2) samples. The
insets show the distribution of the grain size fractions as squares: blue <2 mm, 2 to 7 mm red
and green >7 mm. Colored stars represent each of the silicate bearing source rocks, see
legend.

Chemical alteration of the freshest parent material fractions (>7 mm and 2 to 7 mm) represents
the begining of chemical weathering (CIA= 50-60). Values considered fresh in the parent
material fractions are present in the subglacial and supraglacial till, ranging from 51-60,
although they occur primarily in the subglacial samples. These fresh values reflect the chemical
composition of the relatively un-weathered endmember, source rock, the mica schist = 52 and
53. Slightly more altered values of 60-70 are associated with the majority of samples in the soil
fractions (<2 mm) in the subglacial till, and all grain size fractions in the supraglacial till.
Samples within the lower to mid-range of these values have chemical compositions similar to
the conglomerate and phyillite source rocks, while those in the higher range reflect psammite

(2) and (3). Moderately altered values are observed for K,O and Al,O3 enriched and Na,O +



99

CaO that are depleted 70-80, in samples from the <2 mm and >7 mm fraction in the subglacial
till, and one sample in the 2-7 mm fraction from the supraglacial till. These samples show a
chemical composition associated with the sandstone. All of the grain size fractions follow a
chemical weathering trend in which Na,O and CaO* are depleted, whilst K,O and Al,O; are
enriched. If this were pedogenic weathering, it would suggest plagioclase feldspars are
depleted, while muscovite remains unweathered and slightly enriched. If illite was formed from
muscovite the K content would be depleted, as they have lower layer charge, with 4—-6 mass %
lower than that of mica. This weathering trend is most distinguishable in the subglacial till
(Tr1) where the soil fraction is more altered than the parent material fractions. Although,
plagioclase weathering is inferred from the CIA index, elemental concentrations present in the
silicate source rocks do encompass the range of concentrations in observed in all the grain size

fraction. Only one anomalous exception is present in Tr1 with a CIA value of 76.

The ratios of major elemental oxide constituents of silicate minerals (Ca, Mg, Na, K, Al and
Si) (Fig. 4.13) are based on their association with minerals identified from XRD analyses in
the source rocks and glacial till can be compared, (Table. 4.3). Aluminium and silicon are the
major constituents of silicates with SiO, dominating through the presence of quartz in
sandstones and psammites. To assess the behaviour of silicates, Al,O3; was plotted as a ratio of
each of the silicate cations (Ca, Mg, Na and K). This reveals that the elemental concentrations
in the subglacial till are grain size fractionated, and clustered into the parent material and soil,
whereas this trend is weaker in the supraglacial till. The source rocks (mica schist and phyllite
as the main constituent of the surrounding rocks), with their high proportion of Al associated
with K, Na and Ca feldspars, are concentrated in the soil fractions. On the contrary, source
rocks containing more of the Si0, dominated minerals are more concentrated in the parent

material fractions.

The Ca distribution in the soil and parent material fraction till types are derived from multiple
provenances, as indicated by the weak correlation between CaO and Al,Os;. Calcite within the
rock matrices, dolomite and calcium-silicate (in the psammites and minor phases in the
sandstones) are the dominant Ca sources (Table. 4.3). The mica schist, phyllites and
conglomerate contain Ca associated with plagioclase, and thus have positive Ca values. The
chemical signatures (CaO/Al,O; ratio) of the mica schist and phyllite rocks reflect primarily
those found in the soil fraction. While the parent material fraction consists of a greater mix of

the remaining Ca-associated source rocks.
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Figure 4.13. Effect of grain size sorting on elemental oxides in the weathered soil fraction
<2mm (blue) and the two parent material fractions 2 to 7mm (red), and >7mm (green)
collected in 2015 from the Trl and Tr2. The catchment area source rocks are plotted to

illustrate their mixing ratio in relation to each of the grain sizes (see Legend). Secondary
axis’s in the CaO/A1203 and MgO/AI203 plots are for the dolomite source rocks and
illustrate the effect of the carbonate correction due their non-stochiometric Ca/Mg chemical
composition.
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The 40 and 113 year outliers in the 2-7 mm and >7 mm parent material fractions, likely
represent a 'nugget' effect that is typical for such the heterogeneous materials; it is likely that
those samples contained an anomalous high proportion of anorthite. These outliers, as well as
the source rocks, with negligible (pssamites and sandstone) and negative concentrations
(dolomite), contain a limited amount of plagioclase, or are likely to have been overcorrected

(Eq. 4.1). This can result from 'nuggets' of dolomite within the sampled material.

A weak correlation is observed between MgO and Al,Os in the two types of till. This indicates
multiple sources of MgO in the grain sizes from different source rocks; aluminium rich and
poor source. Those Mg-bearing rocks that are rich in MgO are dolomite, ~16 (wt %).
Conversely, those with lower Mg concentrations are phyllite = 2.2 (wt %), conglomerate = 1.8
(wt %) and mica schist ~3.5 (wt %), however, they contribute a large proportion of aluminium
silicate Mg to the two till types as they are closest to the till mixing line. These three source
rocks contain Mg associated with the mineral chlorite (clinochlore endmember:
(MgsAl)(AlSi3)O10(OH)g). The remaining source rocks contain negligible concentrations of
Mg (see Table. 4.3).

4.3.4. Mineralogical modal abundance and distributions

The mineralogical compositions of the source rocks are used as endmembers to confirm, not
just the rock type, but also, the mineral provenance in the glacier till samples (Table. 4.3.)
Quartz, not surprisingly dominates the mineral assemblage in the source rocks with >30 %
abundance in all rocks, except dolomite. The dolomites contain 80 to 86 % dolomite and 14 to
20 % calcite. Calcite is also present in higher proportions in the conglomerate and psammite
(1) (35 and 30 %, respectively). Foliated, metamorphosed rocks like the phyllite and mica
schists, contain abundant plagioclase, 24 to 39%, with an albic endmember composition (An
0-30; Ca*: Na ratio 0.13 = 0.24 (1*0)). Plagioclase is also present as a mineral in smaller

proportions in the conglomerate (17 %), psammites (12-8 %) and sandstone (<5 %).

Hydrated phyllosilicates (muscovite and chlorite) are present in the phyllite and mica schists,
reflecting their pre-metamorphic history and low grade of metamorphism. This also accounts
for the chlorite within the conglomerate. The sandstone and conglomerate contain hematite,
which likely reflects the pre-Devonian basement rocks in NW Svalbard (Dallmann et al., 1990).

Although, the secondary weathering mineral kaolinite was observed in the bulk till, it's
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abundance was below or at the limit of quantification <3 %. Separation of the clay-sized
fraction in selected samples revealed kaolinite in all samples tested at <20 %, see Appendix. B
Table 22. Care must be taken in this interprtation because it is possible that lithogenic and not
pedogenic processes may have led to kaolinite being present. Kaolinite can be a common
accessory mineral in sedimentary rocks, such as the conglomerate and sandstone, yet in many

cases not in high abundance.

Table 4.3. Evaluation of the mineral compositions in the source rocks from the main
lithological units in Midtre Lovénbreen’s glacier catchment based on the XRD analyses

Source Rock Types (%)

(1) anworoq
(7) anwojog
(¢) aywojog
QuojispuesS
ojerowo[3uo)
(1) onururesq
(7) onuresq
(€) onurwres
NIAYd

ISTYOS BOTIA
1S1Y9s BOIAl (7)

Mineral (type) (Group)
Quartz (framework silicate)
(silica mineral)

Albite — Anorthite
(plagioclase) (feldspar group) 0 0 0 5 17 12 4 8 24 36 39
Orthoclase (potassium

S
S
S

86 40 52 96 9

\$}

30 48 47

feldspar) (feldspar group) 0 0 0 0 4 6 0 0 0 0 0
Dolomite (Non-silicate)

(carbonate) 80 86 82 0 0 0 0 0 0 0 0
Calcite (Non-silicate)

(carbonate) 20 14 18 0 35 30 0 0 0 0 0
Muscovite (layered silicate)

(mica group) 0 0 0 0 0 0 0 0 19 11 9
Chlorite (layered silicate)

(chlorite group) 0 0 0 5 0 0 0 0 17 5 5
Hematite (oxide) 0 0 0 4 4 0 0 0 0 0 0
RWP 18 17 16 18 18 16 16 16 9 16 16

Note: Zero= below the limit of quantification (< 3%) for
XRD quantification using the PC software TOPAS

As a function of moraine age there is no trend in any of mineralogical components of the glacier
till in all transect and depths (a) and (b) (Appendix. B, Fig 6 to 8). The mineralogical
composition of the bulk glacier till is dominated by the presence of quartz and albite, while
muscovite and chlorite are accessory minerals. Carbonates, dolomite and calcite are dispersed
at an abundance of <9 % and <5 % respectively, (for all mineralogical data see Appendix. B,

Table 19).
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4.4. Discussion

4.4.1. Provenance of Sulfur and Inorganic Carbon

The sulfur present in the till in the Midtre Lovénbreen glacier forefield is mostly sulfide
(tabulated in Appendix B. Table 3) associated with the mineral pyrite (FeS,). Hereafter this
will be referred to as TSsugde Or sulfide. Of the source rocks found in the catchment area those
that can contain more substantial proportions of pyrite are conglomerates (Borin et al., 2010;
Mapelli et al., 2010; Ansari, 2016). Most of the other rocks can also contain traces of pyrite.
As shown by as small amounts of sulfides were present in sandstones, and the low-grade
metaphoric rocks such as psammites, mica schists and phyllites (Fig. 4.5). The latter two source
rocks are the primary lithological units in Midtre Lovénbreen glacier catchment (Harland et al.,
1997) and thus the major constituents in the both types of forefield till. Therefore, together with

the conglomerate these source rocks provide the largest potential source of sulfide.

Neither sulfate minerals, nor sulfate itself, re-precipitated as efflorescent salts were detected in
the source rocks, or associated with the glacial tills, indicating an absence of evaporite minerals
such as gypsum or anhydrite. This is not surprising, as geological studies have found no
evidence for sulfate containing evaporites in the Proterozoic and Paleozoic basin of this region
(Birkenmajer, 1990; Czerny, 1992; Dallmann, 1999). Furthermore, efflorescent salts
containing sulfate (i.e. Mg”" or Ca®" SO,%) that are often found in High-Arctic forefields (i.e.,
Finsterwalderbreen; 77°28° N, 15° 18’ E; Cooper et al., 2002) are most often re-dissolved and
washed downstream throughout the melt season (Cooper et al., 2002). Taking this into account
explains the absence of the sulfate in our till samples, as these were all collected late in the melt

season with no snow cover left during sampling.

The TSquifige concentrations 0.02 to 0.16 wt% in the soil fraction of the glacial till (Fig. 4.6 &
4.7) are comparable to those in terrestrial arable and bog soils 0.01-0.1 (wt %) (Blume et al.,
2010). Given the fact glacial soils are primarily mineral and skeletal and not more mature
organic rich soils, this further suggests it is parent material that is the source of TSgyfige. It 1S
therefore perhaps unexpected that the TSg,sde cOncentration in the soil size fraction (subglacial
till X of 0.07 £0.03 wt%) is marginally elevated compared to the parent material fractions
(subglacial till X of 2-7mm = 0.054+0.04 and >7mm 0.04+0.02 wt%). One reason that could
account for the difference in TSunge Observed between size fractions is bacterial sulfate

reduction (BSR). Bacterial sulfate reduction may prevail in forefield soils where the ground
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conditions are reducing, as the soils are waterlogged, akin to in bog soils, due to underlying
impermeable permafrost. On the contrary, where it has been shown that glacial forefield soils
are anoxic they were associated with anoxic sulfide oxidation and not BSR (Wadham et al.,
2007). Wadham et al., (2007) conclude that a reason for this may be because anoxia is not as
widespread compared to the adjacent subglacial environment where the overlying ice restricts
the flow of oxygen to the glacial sediments. Inspection of the subglacial till in Tr1, showed no
visual evidence of iron sulfides e.g. pyrite or rust-coloured surface coatings that would
potentially indicate BSR. Such coatings are a good indication of BSR as commonly observed
in subglacial till (Tranter et al., 1993). Furthermore, it is unlikely that the enriched TSgyfige in
the soil size fraction is due to its subglacial provenance, as both tills were characterized by
similar trends in TSgyfqe (Fig. 4.6 & 4.7). With negligible organic matter inputs (necessary for
BSR) at young moraine ages, and no evidence of pedogenic iron formation by BSR or iron
mobility (Chapter 5. Fig.5 & 6). The data therefore suggests that the observed relatively higher
values of TSquiige 1n the soil fractions are probably primarily due to density settling and minerals
grain size sorting. Due to its high density of 5 g/cm’ pyrite grains, when compared to other
common mineral components (e.g. quartz grains with a density 2.65 g/cm’), these are more
easily environmental gravitationally sorted, or by sieving. Consequently, pyrite grains or
sediment containing pyrite, often ends up in the smaller grain size fractions (Robb, 2013) such
as the <2 mm soil fraction. Sieving of the till most likely accounted for this observation, as
there was no significant difference between the sampled depths, 0-15 and 15-30cm, that would
suggest gravitational sorting by density (see Table 8 in Appendix B). These results support a
lack of evidence of BSR produced sulfide in our surficial and newly deglaciated Arctic

forefield soils (e.g. Wadham et al., 2007 and see also later).

Source rocks in the catchment of Midtre Lovénbreen contain between 0.01 to 10% TIC. Those
source rocks containing TIC are conglomerates, psammites (with calcite matrixes), mica schists
and phyllites (containing disseminated calcite), and dolostones comprising of calcite and
dolomite (Fig. 4.5). Therefore, these source rocks likely make up the soil parent material and
could be the source of the TIC variations observed in the soil fractions. The §'°C-TIC isotopic
signatures of these source rocks are characteristic of marine carbonates (~0 %o). Parent material
and soil samples in the subglacial till (X -1.4%o from 0-113 y) are concurrent with the 6'°C-TIC
signatures of the source rocks (Fig. 4.8). Principally the 6"*C-TIC subglacial till mix of source
rocks reflects the signature of the mica schist (-1.4%o), and therefore disseminated calcite and

not dolomite that had a signature of +4.3 to 4.4. This is unsurprising, as mica schist and phyllite
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are the dominant lithological rock types in the catchment of Midtre Lovénbreen (Glasser et al.,
2001). This is evidence that there has been little fractionation between the carbonate ion and
CaCOs; and that of the PDB standard (Craig, 1957; Coleman, 2012), and therefore no pedogenic
carbonate formation (e.g. C3 plant -27 + soil CO; +5 + 10 %o the equilibrium fraction during
CaCOs; formation from soil CO; = -12%o; Cerling, 1984). Consequently, hereinafter TIC will

be referred to as TICystar as it 1s derived from a lithogenic origin.

Qualitative X-ray diffraction identified that the soil samples reflected the source rock carbonate
minerology as both calcite and dolomite were identified. Although, quantitative XRD was
unable to precisely quantify their concentrations in the soil samples, as they were below the
threshold for complex mineralogical mixtures <3% (Tamer, 2013). As TIC reflects primarily
disseminated calcite (as discussed above), the TIC expressed as calcite equivalent gives in most
cases concentrations similar to the limit of quantification for complex mineralogical mixtures
<3%. Due to the heterogeneous nature of our glacial till samples, some carbonate ‘nuggets’ are
observed. This was not surprizing as carbonates as primarily disseminated calcite, and calcite
in general was ubiquitous in the parent material and the soil samples. As calcite is abundant in
Midtre Lovénbreen forefield, it is likely to exert a major control on the soil weathering regime,
its formation, and in turn the CO, sink or source potential. This has been evidenced in other
silicate dominated deglaciating catchments where traces of calcite combined with the presence
of Ca and alkalinity dominates the solute flux of proglacial meltwaters (Anderson et al., 2000;

White et al., 1999; Jacobson et al., 2000).

4.4.2. TS and TIC gradients in different types of glacial till

Of the two till types present in Midtre Lovénbreen, a TIC,ysa1 depletion with age is only evident
in the subglacial debris in transect Trl and in this chronosequence this was true for all size
fractions and for both depths (Fig. 4.6 & 4.7). In contrast, TSn4e Was depleted within all
subglacial tills samples and in part also in the supraglacial till within the soil fraction (2 mm)
and <7 mm non-size fractioned samples. This implies that there is an inherent difference
between the chemical weathering of sulfides and carbonates in each till type. A finding that is
similar to a study done in the foreland of Glacier Bay, Alaska conducted by Anderson et al.
(2000). Their study showed that in a catchment made up of metasediments containing
carbonates and sulfides, inorganic carbonate variations in the till residuals seemed independent

of moraine age over roughly a century of deglaciation. However, in the same study carbonate
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dissolution in forefield waters were shown to be dependent upon the moraine age. These
contrasting results were explained by their distributed point sampling approach at specific aged
moraines. An approach like this, however, is unlikely to be effective in highly heterogeneous
glacier tills, reflecting the insensitivity to variation in the thickness of a leached zone. Such a
carbonate leach zone measurement approach was adopted by Goldthwait et al., 1966; Ugolini,
1968 in the Bench glacier forefield. They found this to be effective, as evidenced by a rapid
depletion in carbonates with moraine age. The results from this study that used a sampling
strategy more akin to that of Anderson et al., 2000 match those in the Goldthwait et al., 1966;
Ugolini, 1968 studies better. The fact that this thesis study results are contradictory to those of
Anderson et al., 2000 may (a) arise either because their till samples were collected below the
surface at depths ranging from 10 to 53 cm compared to 0-15 and 15-30cm in this study. In
addition, (b) Anderson et al., 2000 study used a distributed point sampling approach, while this
thesis study sampled along chronosequences, clearly separated into either predominately
subglacial or supraglacial till soils. It is this difference in sampling approach, along one till
type, that probably accounts for the observed difference in TIC between studies, and less so
the fact different depths were sampled. If the sampling depth determined the difference
between the two studies, there would be a lack of similarity. The results of this thesis study
show, in all but one case, no significant difference (p value >0.05 Appendix B. Table. 8)
between surface (0-15 cm) and subsurface (15-30 cm) samples. If it is primarilysampling
approach (b) that is responsible for the contrasting results between studies, use of this approach

in Glacier Bay, Alaska should yield a depletion in TIC as a function of age.

Glaciers, by virtue of their nature, are characterized by a wide range of forces, e.g. changes in
climate, glacier hydrology and its bed conditions. It is these that lead to a multitude of possible
modes by which glacial till is eroded, transited and weathered, prior to its deposition in a glacial
forefield (Benn and Evans, 2014; Tranter et al., 1993). The identifiable subglacial and
supraglacial tills' character in our forefield, visible as discrete transects (e.g. Glasser et al.,
2001; Fig 4.3) were separable by their grain size distribution (Fig. 4.4) which decreased with

size, or was bimodal, as shown in other studies (Boulton, 1978; Benn and Evans., 2014).

Intriguingly, it has been shown that the Midtre Lovénbreen forefield till is either isovolumetric
in the stable moraine complex, or, that in part of the forefield physical denudation occurs at a
uniform rate (e.g. Irvine-Fynn et al., 2011). It is highly plausible therefore, that the evidenced

20% change in both the soil sample sized fraction (<2 mm), and parent material fraction (>7
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mm) as a function of age, would infer substantial chemical and physical weathering in the
subglacial till (Fig. 4.4.). These results are concurrent with a depleted TIC and TS in all grain
size fractions. However, only if it is assumed that the weathering products move and collect
further down the soil profile, or that chemical weathering has little effect on the soil volume.
Conversely, the supraglacial till either remained fairly constant in the 2-7 mm parent material
fraction, or else it changed by 10% in the >7 mm and <2 mm grain sized fractions at older
moraine ages >29 y, respectively. This suggests that more limited chemical and physical
weathering had occurred; a result that agrees with the lack of changes in TS and TIC

concentrations observed in this till type.

The difference in the concurrent evolution of TS and TIC and grain sized fraction gradients in
both the subglacial and supraglacial tills may therefore be due to the changes in physical and
chemical properties that each till type experiences during glacial to proglacial transit. Both till
types primarily consisted of phyllite, mica schist, sandstones and psammite. However, only the
supraglacial till is typically well-lithified, and was observed to have undergone little physical
weathering during its glacial transit (Boulton, 1978; Glasser et al., 2001). As such, this till type
is less prone to chemical weathering once deposited in the forefield. Conversely, the subglacial
till is more prone, as during transit it is susceptible to mechanical breakdown by attrition and
physical weathering of the mineral surface by processes such as abrasion (Follmi et al., 2009;
Benn and Evans, 2014). Transit, resulted in a subglacial till that consisted of a higher proportion
of phyllites and mica schist and fewer psammites and sandstones (Glasser et al., 2001). Due to
the higher proportion of these rocks within the till fabric, a greater degree of chemical
weathering may be achieved as their mineral structures are brittle and easily fractured. Also,
the subglacial till clearly has a higher abundance of smaller grain sized fractions (Fig. 4.4).
This till characteristic would certainly enhance chemical weathering, as the increased surface
area due to higher physical weathering during transit, is a fundamental kinetic control on sulfide
and calcite weathering rates (McKibben and Barnes, 1986; Morse and Arvidson et al., 2002;
Sjoberg, 1976). It is also feasible that subglacial till surface roughness e.g. cracks and
dislocation loops in mineral surfaces, enhance its forefield weathering potential (MaclInnis and

Brantley, 1992).

The results of this thesis chapter suggest that chemical weathering during the tills subglacial
transit was minimal. Both TS and TIC were present at similar concentrations (both at TS 0.13

and TIC 0.2 wt%) in the < 2 mm fraction in both supraglacial and subglacial soils at zero-years-
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old. This is evidence that this grain size was rapidly evacuated from the subglacial environment
and deposited in the glacial forefield. Till with a long residence time in the subglacial domain
quickly, and comprehensively, exhausted sulfides and carbonates (Tranter et al., 1993).
Intriguingly, TIC concentrations in the subglacial till parent material fraction >7 mm are
roughly an order higher (1-1.7 wt%) at young moraine ages, relative to those measured in the
supraglacial (0.12 wt%). It is suspected that these values are a sign of the carbonate ‘nugget’

effect that can originate from subglacial glaciofluvial till sorting (Tranter et al., 1993).

In summary, this part of Chapter number 4 provides the first evidence for differential chemical
weathering of TS and TIC in supraglacially and subglacially-derived tills. Because of this
finding, subsequent studies would benefit from identification and separation of the till types.
Such a geomorphological a priori separation would enable a much better constraint of the
chemical weathering progression, and in turn soil development processes in glacial forefields.
A difference in physical weathering regimes during their residence in either sub- or supra-
glacial systems is the most probable rational for the observed chemical gradients in Midtre
Lovénbreen. However, microscopic studies and quantification of specific surface areas using
techniques such as BET to allow a comparison between the <2 mm fractions from supraglacial
and subglacial till collected from one glacial forefield, could help further elucidate this issue.
In addition, it may be that using tills from sub- and supra-glacial environments in dissolution
experiments, carried out under forefield environmental analogue conditions, would help

compare their chemical weathering rates.

4.4.3. Evidence of sulfide oxidation driving carbonate dissolution

With increasing moraine age, the till samples become TSgyiige depleted, and this is coincident
with a similar trend in TIC., suggesting a correlation between sulfide oxidation and
carbonate dissolution (SOCD) (Fig. 4.6 & 4.7). These coupled trends are primarily evident in
the subglacial till chronosequence. As such, only the subglacial till will be further discussed.
The process of SOCD is defined as a coupled reaction where sulfuric acid is produced from the
oxidation of sulfides and rapidly dissolves proximal carbonates. SOCD is most commonly
found in subglacial realms, and only more recently has it been discovered to also play a major
role in forefield weathering arenas (Tranter et al., 1993; Anderson et al., 2000; Wadham et al.,

2001; Wadham et al., 2007; Dixon et al., 2016). The aqueous analytes of SOCD in rivers
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flowing through glacial forefield dominate the melt water flux (Anderson et al., 2000; Wadham
et al., 2001). In this study, SOCD can also be inferred for the observed trends in the forefield
soils. The pH changes with the depletion in TS and TIC a1 With moraine age (Appendix. B.
Fig. 1). In addition, as shown later in Chapter 5, the relative abundance of
chemolithoautotrophs, such as iron or sulfur oxidizers (genera Acidithiobacillus, Thiobacillus,
Gallionella, Sulfurimonas) also decrease with increased moraine age (see, Chapter 5. Fig 5.9).
Finally, as discussed above iron extraction data showed that at young moraine ages high
concentrations of iron oxides prevailed. Consequently, it is possible that these are a product of

iron sulfide oxidation (see, Chapter 5. Fig 5.6).

To determine whether weathering along our chronosequences was dominated by SOCD, a mass
balance calculation was conducted. The measured TS and TIC concentrations were tested to
see which predicted reaction pathway stoichiometries best matched their concentrations. To do

such a mass balance calculation, several criteria were met and some assumptions were made.

Firstly, weak organic acids were ruled out as possible sources of carbonate dissolution because
of the sparse vegetation and dominance of chemolithoautotrophs microbes at younger moraine
ages. This has been shown in Bradley et al., (2016) (Joshua J. Blacker as co-author) in Midtre
Lovénbreen forefield. It has also been suggested by Hodkinson et al., (2003) for several high
Arctic proglacial areas. Moreover, there is little evidence for sesquioxide translocation down
the soil profile, although further work would be needed to prove this (Appendix B. Fig. 5 &
Appendix C. Fig. 3). Secondly, the potential reaction pathway and controlling parameters were
determined. The sulfide oxidation depends on the species, redox conditions, pH (Nordstrom,
1982), abundance and activity of enzymatic iron and sulfur oxidizing bacteria (Crundwell,
2003; Singer and Stumm, 1970). In Midtre Lovénbreen, pyrite has been identified (e.g. in this
study, and Borin et al., 2007), and subsequently used as the sulfide species. In aerated and
unconsolidated surface tills within a forefield, O, is the obvious oxidizing agent. However,
subsurface tills can be poorly drained and anoxic, yet sulfide oxidation can persist using Fe"
and / or NOj" as the oxidizing agents (Wadham et al., 2007; Moses and Herman, 1991; Bottrell
and Tranter, 2002). In forefield studies that sampled proglacial waters, anoxic tills were
inferred to be widespread (Wadham et al., 2007; Hindshaw et al., 2016; Nauer et al., 2012).
Anoxia is primarily controlled by hydrometerological and prevailing groundwater conditions
(Cooper et al., 2002). Therefore, till sampled from 0-30 cm depth in this study could be

reducing, and thus sulfide oxidation under anoxia are considered (Table 4.4. Reaction no. 3).



110

In Midtre Lovénbreen no depletion of NO3™ was evidenced (samples from this study remained
constant at ~0.3 pg/g over the chronosequence; Appendix B. Fig. 10), and was therefore
disregarded. In the same region, young samples have an abundance of iron and sulfur oxidizing
bacteria (discussed above and in chapter 5). Microbial activity is likely to be responsible for
sulfide oxidation under oxic and anoxic conditions. Such a process has been also inferred from
visual observations of iron oxide staining on isolated conglomerate clasts in the Midtre

Lovénbreen forefield (Borin et al., 2007).

The reaction products from SOCD are inferred to be HCO;3™ and CO, because of the pH range
measured (pH =6.5-8.3; Appendix B. Fig. 4.1). Iron minerals present in the forefield (Chapter
5. Fig. 5.7) were dominated by Fe(OH)s, Fe,O. Dissolved iron (Fe*™*") was also included due
to its presence in Midtre Lovénbreen and in glacial-forefield systems in general (Anderson et
al., 2000; Wadham et al. 2001; Raiswell et al., 2009). An added complication was the fact the
sampled tills were visibly freeze-thaw active soils, (also evidenced by Hodkinson et al., 2003),
meaning they could be open or closed to, and in or out of equilibrium with the atmosphere. At
the time of sampling no isotopic evidence of pedogenic carbonates (Fig. 4.8) or efflorescent
salts containing sulfate were observed. Thus, it was reasonable to assume that carbon and
sulfate species produced from carbonate weathering remained in either the aqueous or gaseous
phase. It must also be remembered that forefields are dynamic environments, and temporal and
spatial variations in pH, pCO,, temperature and moisture can cause the species to interconvert.
Perturbations in one part of this evolving system could lead to a significant redistribution of
the species. Nevertheless, in this chapter the potential for weathering of bulk soils and rocks in
a glacial forfied to act as a CO, sink and source is discussed. This study focuses on the fact that
carbon and sulfur species are formed over years, up to ~ 1 century, rather than seasonal
changes. This is based on the discussion above, and that sulfide oxidation in forefields proceeds
via several different reaction pathways (Anderson et al., 2000; Wadham et al. 2001; Raiswell
et al., 2009). Based on the fact that speficic reactions can regulate the proton yield, and thus
the amount of carbonate dissolved, several SOCD reaction scenarios were considered, Table

4.4.
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Table 4.4. Potential reaction pathways for sulfide oxidation and carbonate dissolution SOCD
that may occur in the soils in the Midtre Lovénbreen forefield.

Reaction ) . . Reagtion
o Theoretical Reaction Equation Stoichiometry
) (mole:mole)
Sulfide oxidation-acid production
1 4FeSz+ 1502 + 14H20 > 4Fe(OH)3 + 8stO4 1:2
2 4FeS, + 150,+ 8H,0 >2Fe,05+ 16H™ + 8504~ 1:4
3 FeS,+ 14Fe’" + 8H,0> 15Fe”+ 280,” + 16H" 1:16
Carbonate dissolution
a CaCO; + H,S04 > CO,+ H,0 + Ca® + SO~ 1:1
b 2CaCO0;+ H,S04 >2Ca” + SO~ + 2HCO;5 2:1

Note: reaction stoichiometry in reactions 1-3 are the ratio of FeS,: proton active species and in
reactions a & b CaCOs : proton active species.

A stoichiometric mass balance was calculated for each of the equations tabulated in Table 4.4.
This was determined as the ratio of moles of acid to carbonate (as in Anderson et al., 2000) and
suggests an SOCD reaction pathway, where O, is used as the oxidant to produce ferric oxide
and CO, (reaction 2a), this best fits the measured concentrations and their stoichiometry in
each of the scenarios in Table. 4.4 & 4.5. Sufficient acidity is generated from sulfide oxidation
to deplete all available calcite via this pathway. Therefore, other possible proton supplies (e.g.,

carbonic acid or weak organic acids from biological inputs) likely play a minor role.

Table 4.5. Stoichiometric mass balance results from the predicted SOCD reactions and their
stoichiometry in Table 4.4 compared to the measured concentrations of TSgyfige and
TICcarbonate

Scenario Total Total
Sulfur Inorganic
(expressed ~ Carbon l,a 2,a 3,a I,b 2,b 3,b
as sulfide)  (TICrystar)
(mol/’kg)  (mol/kg)

Theoretical Reactions

Max 0.039 0.0195 -0.12 -0.04 043 -031  -0.24 0.23
Min 0.007 0.0040 -0.03 -0.01 0.07 0.07 0.05 0.03
Mol kga™ 0.03 0.131 -0.07 -0.02 032 -0.21  -0.15 0.19

Note: Tabulated results show the data from Tr1 <2mm. For all mass balance results plotted as
a function of moraine age see Appendix. B. Fig. 9. Values closest to zero denote the measured
concentrations of TSgyfige and TIC,ysta1 and their reaction stoichiometry that are closest to their
theoretical stoichiometry (highlighted in grey). Mol kga™ is calculated from slope of the line
from linear regression analyses (see Appendix. B. Table. 5).

These results, though not conclusive, suggest that anoxic sulfide oxidation within the top 30
cm of soils is unlikely or limited. In these particular soils this is unsurprising, since they are

porous tills and soils, and oxygen can easily diffuse into them. Further support of this, is the
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fact that there is little difference between surface and subsurface reactive iron concentrations
(Appendix C. Fig. C.3). Interestingly, in other deglaciated forefields in Svalbard, Dryadbreen
(Hindshaw et al., 2016) and Finsterwarderbreen (Wadham et al., 2007), evidence of both
anoxic and oxic SOCD has been identified, but in both cases through processes in subglacial
river effluents. One reason is that different SOCD reactions occur both temporally and spatially
deeper down in the soil or glacial till profile, where changes in hydrological and redox
conditions may be present. In addition, meltwater measurements usually show the integrated
effects of all possible SOCD reactions over an entire forefield or delineated area, at predefined
time-steps, over a selected period of measurement, typically a melt season. This is in contrast
to this study, where the data from weathered, bulk soils, along chronosequences, show the
integrated effects of SOCD at the depth sampled at a specific point in time and space. In other
words, this accounts for the overall weathering period of the samples at a specific location and
age. It is therefore evident, both approaches (proglacial meltwater and chronosequence soil
measurements) provide different but complementary angles to our understanding of SOCD and

chemical weathering in glacial forefields.

4.4.4. Evidence of silicate weathering?

The weathering results described in Section 4.3.3.1. revealed that the elements most easily
mobilised during the chemical weathering of silicates (Na, Ca, Mg and K), and those that in
principal should be enriched (e.g., Al), remained mostly unchanged along the 113 year
chronosequenses studied (Fig. 4.9). Moreover, that silicate weathering in Midtre Lovénbreen
is independent of glacial till type e.g. supra-and sub-glacial. Mineralogical results are consistent
with those of the weathering indices, showing no significant transformation of primary
minerals with age, e.g., feldspars to secondary minerals and sheet- and phyllosilicates
(Appendix B. Fig. 6, 7 & 8). However, indices indicated that all soils can be considered
weathered, even the freshest exposed ones. This is a finding that could agree with the presence
of traces of secondary weathering minerals, chlorite and kaolinite (Appendix B. Table. 19 &
22), a consequenec of their removal from the parent rocks due to mechanical abrasion. It is
likely that these minerals are from lithogenic and not pedogenic origins, as the
metasedimentary rocks, mica and phyllite, within the soil parent material, contain primary
chlorite (Table. 4.3), while the conglomerates and sandstones can contain kaolinite in their rock
matrixes. Consequently, sorting of the source rocks' derived mineral grains, within these

forefield-forming soils, could result in a 'pseudo’ chemical weathering trend, such as the
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plagioclase-muscovite one, described above (Fig. 4.9.a & 4.12). The apparent difference
between the subglacial (Trl) and supraglacial (Tr2) tills' elemental oxide compositions (Fig.
4.12), could in part arise by their mode of glacial transit, and subsequent level of physical

weathering and sorting, prior to their deposition in the forefield (discussed below).

Pseudo-chemical weathering trends, such as those inferred from the weathering indices' results
of the grain size fractionated bulk soil samples (Fig. 4.9.a & 4.12), have been observed in other
soils that were formed through chemical weathering of glacial till parent materials (Nesbitt and
Young, 1996; Nesbitt and Young, 1997). These trends result from the preferential physical
sorting of source rocks, either in the forefield by soil mechanical processes e.g., cryoturbation
(Nesbitt and Young, 1997) or during glacial transit (Boulton, 1978; Benn and Evans., 2014).
In turn, the abundance and type of source rocks in glacial tills and thus its chemical and
mineralogical composition are affected. Soils forming from glacial till may be operationally
sorted, affecting chemical and mineralogical composition, by soil grain size fractionation
during sieving. Sieving can cause the breakdown of sedimentary rocks, meaning finer soil grain
fractionation over-concentrates aluminous clays. Weathering index values are not
representative of natural settings, being typically higher than in reality. Conversely, feldspars
are found in larger, sand-sized particles, and thus derive less weathered values (Nesbitt and
Young, 1996). Even though incongregant weathering plagioclase (albite) is apparent in Fig.
4.10, 4.11 & 4.12, there is little confidence in this observed chemical weathering trend, as

physical processes, environmental and/or sieving, can also give rise to these data trends.

As discussed previously, source-rock sorting accounts for the observed trends (Fig. 4.10, 4.11
& 4.12) and may arise due to their transit through the glacial system, and the tills' physical
weathering. Sandstones, psammites, and to a lesser degree weakly cemented conglomerates,
are more prone to physical deterioration under freeze-thaw action and hydrological attrition
during subglacial glacial transit (Nicholson and Nicholson, 2000; Benn and Evans., 2014). This
is similar in the foliated, fine-grained phyllites (unlike higher grade mica schists), because they
have a higher muscovite content which is more prone to weakening due to their inherent
anisotropic properties (Table. 4.3). These rock types are more likely to fracture into smaller
segments during physical weathering (Shea, W.T. and Kronenberg., 1993) such as in the
subglacial domain. Rock-mineral properties predispose forefield-forming soils to silicate
weathering, and, in part, explain the observed physical and chemical difference between

subglacial and supraglacial tills. Note: rock-mineral properties of a glacial till in the context of
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forefield soil formation is also discussed previously in Section 4.2 for carbonates and sulfide
minerals.

If forefield silicate weathering is reflected in the chemical weathering indices, the rate of it is
extremely slow, as shown by the small relative change in weathering indices values (Fig. 4.10,
4.11 & 4.12). In the Midtre Lovénbreen forefield, this is in part due to the presence of
sedimentary carbonates within the till. Carbonates such as calcite reacts orders of magnitude
faster than Ca silicate e.g., plagioclase. Carbonate dissolution buffers the soil solution's acidity
for sulfide weathering. This is a common trait in environments where mechanical erosion is
less intense, as the most reactive mineral phases are depleted from accessible portions of the
exposed rocks first (Stallard and Emmond, 1983; Drever and Zorbist, 1992; White et al., 1999).
Further retardation of silicate weathering rates could be caused by the slow onset of microbial
and vegetation assemblage in Midtre Lovénbreen (Hodkinson et al., 2003; Bradley et al., 2016),

discussed below.

Slow rates of silicate weathering in high-Arctic glacial forefields is not uncommon. Three
independent studies where proglacial meltwaters and bulk sediments chemistries were assessed
are in the high-Arctic forelands of the Bench glacier, south-central Alaska (Anderson et al.,
2000), Finsterwalderbreen, Svalbard (Wadham et al., 2001), and Werenskiold glacier (Kabala
and Zapart., 2012). These studies inferred that silicate weathering is <10% over the first
century. In contrast, similar studies of forefields in the European Alps, over the first 150-years
of deglaciation, show it to be somewhat variable. In the Morterasch glacier, Switzerland, mica
(biotite) was transformed into vermiculite, and after less than a decade of glacier retreat,
pedogenic kaolinite and smectites were present in the clay fractions of the forland soils (Mavris
et al., 2010; Mavris et al., 2011). This change was not easily explained because there was no

detectable decrease in the plagioclase content (Mavris et al., 2010).

In glacial forefield soil and till samples, differences in lithology and mineralogy could partially
account for the silicate weathering observed between forefields. For example, Midtre
Lovénbreen forefield comprises of metasediments consisting of primarily mica as muscovite,
while the foreland of the Morterasch glacier has a primary grantic lithology containing mica as
biotite. Mica as muscovite, unlike biotite, exhibits very little chemical variation (ion
substitution) from its ideal chemical formula, KAl>(AlSi3010)(OH),, due to its dioctahedral
structure. Subsequently muscovitve is significantly more resistant to chemical alteration than

biotite that has a trioctahedral structure (Tischendorf et al., 2007).
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Interestingly however, the Damma glacier forefield Morterasch in Switerzerland has a granitic
lithology (Bernasconi et al., 2011), yet the evidence suggests a significant difference in silicate
weathering. Lithology, and in turn a soil's parent material, may not be as influential in forefield
soil development as other factors. For instance, mineral abundance, inferring silicate to clay
transformation, was shown in the Morterasch forefield, as discussed previously. Conversely,
little evidence of silicate weathering in the Damma forefield was found (i.e., no trend in CIA
(range 50-65) as a function of age); although, the amount of clay content of minerals did
increase with age. Despite the accumulation of clay, the authors of this study suggest that
silicate weathering, clay mineral genesis is an unlikely explanation. Instead, because a clay
mineral fraction was present in the immature soils as early as 2-18 years-old, and there was an
observed development of a vegetation community with soil age, the accumulation of clays was

due to biological stabilization of the fine fraction of 57-79-yrs.

Silicate weathering regimes in forefield soils seems to be driven by the stage that fauna and
flora also establishes. In Alpine forefields, colonisation with vascular plants, including oxyria
digyna (commonly known as mountain or Arctic sorrel), proceeds after only a decade of
deglaciation, and these communities become fully established after ~ 30 years (Burga, 1999;
Bernasconi et al., 2011). Conversely, vascular plant colonisation in the high-Arctic Midtre
Lovénbreen forefield begins only after ~ 60 years (e.g. Saxifraga) and is still sparse after >113
years (Hodkinson et al., 2003). In these settings, Oxyria digyna becomes established after ~
150 years (Hodkinson et al., 2003), revealing that biological colonization, and particularly the
establishment of vegetation, may be the crucial catalyst for soil formation in forefields. This is
because, microbial and vegetation colonization can help reduce soil erosion as plant-
rhizosphere root development anchors clay fines within a soil (Bernasconi et al., 2011). Also,
early plant coloniser exudate, muslicage soil particle 'gluing' polysaccharide compounds, help
soil aggregation (Galloway,. et al., 2018; Joshua Blacker co-authored). The combined effect of
a reduction in soil erosion, improved soil structure, and increased soil water retention, as
organic matter accumulates, and mineral weathering proceeds, means that soil fertility, and its
role as a habitat is improved (Borin et al., 2007). The earlier a plant and microbe evolution
occurs in forefield, the faster the soil devlops, and in turn enhances silicate weathering rates.
Key nutrients are released to the soils by mineral weathering, and this further facilites forefield
soil ecosytem evolution (Bernasconi et al., 2011). Biological weathering in forefield soils

includes localised mineral weathering, by the addition of organic acid exudates from plant roots
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and fungi hyphae, raising the rhizosphere PCO; (Drever, 1994; Bonneville et al., 2016). It has
been hypothesised that in landscapes with limited erosion, biological-driven processes
dominate the initial stages of weathering, which then facilitates biological processes over the
long-term (Brantley et al., 2011). The contrasting rates of vegetation assemblages between
Arctic and European Alpine studies and the observed levels of silicate weathering certainly

support this hypothesis.

4.4.5. Carbonate vs. silicate weathering in glacial forefields and its implications for CO,
dynamics

The empirical relationships recorded in the chronosequence samples in the Midtre Lovenbreen
forefield show evidence that SOCD dominates the weathering regime, especially in the early
stages, while silicate weathering is more limited. The observed trends in soil elemental,
chemical and mineralogy compositions support other studies that assessed the changes in
proglacial meltwater effluents, which drain forefields. Collectively these spatiotemporal trends
suggest that SOCD-type weathering regimes may be common in high-Arctic glacial forefields
containing sulfide and carbonates. (e.g. Anderson et al., 2000; Wadham et al., 2001). The
question is therefore, how the prevalence of this weathering regime in forefields may have

implications on carbon-cycle and climatic changes?

The world has undergone numerous interglacial cycles, and is currently responding to
unprecedented levels of warming-induced deglaciation. Forefields provide the environmental
conditions, and a chemically reactive substrate, subglacial till, that if containing accessory
carbonates and sulfides, promotes SOCD. Such reactions can be a potential source of CO; to
the atmosphere. In transport-limited terrestrial sediments, like the soils forming in forefield
moraine complexes, the contribution of SOCD on short timescales has been little researched
(Martin, 2016). Plant assemblage is slow in Arctic forefields (e.g. Hodkinson et al., 2003), and
is a potenital CO, sink feedback (Harden et al. 1992), as a result, deglaciation may be
accelerated. In turn, the lack of biologically enhanced silicate weathering slows soil-
development (See, Chapter 5). Taken together, these results imply that Arctic glacial forefields

at young moraine ages are a net CO, source to the atmosphere.

To test this, a forefield carbon balance model is needed that combines all known major facets

of biogeochemical CO; sinks and source. All of the current models focus on microbiological
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inputs and outputs (e.g. Bradley et al., 2016). So far, such models do not include the influence
of rock-water interactions and pedogenic processes, or the development of vegetation
assemblages. Moreover, an in-depth process-based understanding, that bridges long-term bulk
soil mineral residual observations with short-term seasonal and diurnal chemical reactions, is
also lacking. In principle, glacial till mineral weathering can generate above atmospheric levels
PCO; either by a localised and/or abundant supply of sulphuric acid driving carbonate
weathering, which is a direct source of CO; (Tranter et al., 1993). Alternatively, in a diurnal-
seasonal, freeze-thaw active soil system like Midtre Lovénbreen, SOCD in unfrozen liquid soil
pockets could also raise the soil PCO, and outgas upon thaw (Wadham et al., 2001). This is
possible as we found no evidence for newly formed pedogenic carbonates. Therefore,
depending on the prevailing soil-water PCO,, CO, could be released directly into the
atmosphere or hydrosphere. Due to the fast reaction kinetics of this reaction it may be possible
to derive a better understanding of the soil forming processes by conducting in-sifu studies that
measure physical and chemical changes in the bulk till and its effluent. A shift from bulk soil
analysis to micro and nano-scale chemical soil measurements would further reveal the level of

localised biotic (and abiotic) silicate weathering.

4.5. Conclusion

In Midtre Lovénbreen the transport-limited forefield tills consisted of a mix of sedimentary and
metasedimentary rocks derived primarily from subglacial and supraglacial domains. The fact
that the primary forefield lithology was low grade mica schists and phyllites was reflected in
the abundance, and chemical composition, of both till types. These rock types contained sulfide
and carbonate mineral traces. With moraine age, only subglacial tills tended to be depleted in
TS and TIC, while in the supraglacial till a marked depletion was only evident in TS in the <2
mm fraction. Furthermore, chemical and mineralogical differences between till soil types, as
well as parent material fractions, were apparent. Subglacial till chemistries were more clearly
separated by grain size, and had a higher concentration of easily mobilised elemental oxides in
the larger fractions. Conversely, the supraglacial tills showed scattered grain size distributions,
and there was no clear evidence of a relationship to their chemical composition. This was most
likely due the variation in weathering that each till type was subjected to during their glacial

transit, and to some extent since exposure.
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The results in this chapter have revealed that TS and TIC became depleted in the 0-15cm
surface of subglacial tills, and that this change could be accounted for by sulfide oxidation, that
is able to supply sufficient protons to deplete the carbonates after less than 113 years of
deglaciation. This reaction could also be linked to the changes observed in iron mineral
abundance along the chronosequences. Mass balance results are also consistent with the
relative abundance of sulfide oxidizing microbes found along the chronosequence (work by
collaborators at the Uni of Bristol). Finally, the decrease in soil pHs with moraine age, further

supported the occurrence of SOCD in the newly forming soils.

In contrast to SOCD, silicate weathering in the Midtre Lovénbreen forefield soils and its parent
material was found to be very limited. With increased moraine age, the weathering indices
showed that both mobile and immobile elemental oxides from silicate minerals remained at
similar stochiometric ratios; whilst primary and secondary mineral modal abundance was
constant. When elemental oxides were plotted on a ternary diagram, stoichiometric
compositional changes were evident. These could be interpreted as a chemical weathering-
induced enrichment in immobile aluminium and potassium, and as depletion in calcium and
sodium in mobile elemental oxides, which infers plagioclase weathering. A more likely
interpretation though, is instead of pedogenic weathering, these changes reflect the sorting of
metasedimentary source rocks within the glacial till. Not only was it found that soil and parent
material chemical compositions sort per grain size fraction, but that higher concentrations of
easily mobilised elemental oxides in larger grain size fractions existed. Each grain size fraction
seemed to correspond to specific source rocks, and their chemical compositions, and thus
modal abundance in the bulk. Larger grain size fractions corresponded to mica-schists rich in
Ca and Na-bearing feldspar minerals, namely anorthite and albite, whereas smaller grains sizes
consisted of greater proportions of aluminium and potassium oxide rich psammites and phyllite
source rocks. Therefore, a silicate chemical weathering signal was not evident from the

background heterogeneity of chemical composition of the glacial till material.

The results of chemical weathering indices indicated that silicate was very limited, and was
coincident with mineralogical modal abundance and type analyses. Primary silicate minerals
were uncorrelated with moraine age, and almost at steady state. A low abundance of secondary
clay minerals were measured at roughly <10 % chlorite and kaolinite, representing <3 % of the

total bulk soil mineralogy. The presence of these minerals reflected their constituents in the



119

metasedimentary source rocks that make up the parent material glacial till. This is most

probably due to a lithogenic origin, rather than in-situ pedogenic primary silicate weathering.

Where sulfide and carbonate minerals in a forefield till are accessible for weathering in
developing soils, SODC probably plays a key role in controlling soil pH. Acidity produced by
sulfide oxidation seemed to be buffered by lithogenic carbonates present, this process potential
CO; source. The longevity of this process seems to be at the cost of retarded silicate weathering,
a potential atmospheric sink of CO,. Furthermore, it is apparent that this process has slowed
soil development through a lack of nutrient availability and therefrom, heterotrophic abundance
and assemblage. This may result in lower CO, drawdown from the atmosphere and attribute
lower levels of bio-enhanced weathering. Where carbonates were exhausted in moraine ages
of 50 and 113 years, silicate weathering was more likely to procced, as this coincides with the
establishment of high-order vascular plant species which enhance weathering. Elemental oxide
ratios and mineralogical changes did not show measurable evidence of silicate weathering. The
fact that few plants are present at older ages, indicates nutrient acquisition may occur by
localised bio-mining essential for their metabolism; although at a lower level than the baseline

chemical heterogeneity of the forefield till-forming soils.

These results suggest that forefields comprising only accessory carbonates and sulfides within
their tills, and primitive ecosystems, could also be potential CO, sources over glacial-inter-
glacial periods in deglaciated terrain less than a century old, as silicate weathering and

heterotrophs are limited.
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Chapter 5. Results: Organic Carbon Dynamics in Arctic
Glacier Forefields

Abstract

Soil formation and ecosystem development is highly dependent on the organic carbon
dynamics, and in turn this 1s highly susceptible to changes in environmental and biological
conditions. Despite this, few studies have been conducted in the Arctic where the climate is
warming and glaciers are receding. Deglaciating landscapes creating forefields provide a
unique opportunity to study organic carbon dynamics during the early stages of soil
development. Forefields are ideal natural laboratories to better understand spatial and age-
resolved processes that occur on short (annual) to long-term (decadal, centennial) timescales.
By comparing three different dynamic Arctic forefields, one in the High-Arctic, Svalbard and
two Sub-Arctic, Alpine glacier forefields in N-Sweden this study attempted to quantify
whether organic carbon accumulates as a function of moraine age and determine if this was
consequence of geochemical and biological processes. Combining a multitude of
geochemical and field data, the aim was to critically evaluate what soil forming processes
dominate and what factors may have facilitated soil organic carbon (SOC) accumulation and
turnover. Stable carbon isotope studies complemented these analyses, and helped identify the
provenance and potential cycling of soil carbon in these forefield s. Study results showed that
in all forefields the total organic carbon (TOC) accumulated with moraine age, and that this
was driven by organic carbon inputs derived primarily from modern photosynthetic carbon
from C3 plants. Only limited weathering induced-organo-mineral stabilization that facilitated
carbon accumulation was evidenced, despite a century of regional climatic warming that
could be expected to enhance this process. Instead, organic carbon stabilization seems to have
been achieved by a cascade of processes connected to a) slow forefield biological evolution,
specifically of the soil saprophyte community b) that was constrained by a lack of availability
to less biodegradable forms of plant litter inputs to the soil. Differences in these processes (a
& b) in Arctic forefields, (such as this study), and European-Alpine and other high-altitude
forefield studies, likely account for the observed contrast in soil organic carbon (SOC)
accumulation, a™' rates; whereby Arctic SOC a™' rates are significantly lower. It is therefore
postulated, that the extreme prevailing polar climate may still slow bio-enhanced mineral
weathering, and in turn SOC accumulation in Arctic glacial forefields. Whereas in others,
with milder climates, it is more of a control. Interestingly, differential rates in SOC
accumulation were evidenced, even between Arctic forefields. In the high-Arctic forefield
they were roughly three times higher (2.2 g.m™) than those in the two sub-Arctic, Alpine
forefields (0.6-0.7 g.m™). This highlights, that although all Arctic forefields studied tend to
accumulate TOC with time, their rates are to some extent controlled by more localised soil-
forming factors. Further studies are needed to assess organic carbon dynamics at a seasonal
and wider annual temporal resolution, to document if the difference between the timing at
which sampling was conducted could be accountable for the observed differences in rates
between these forefields.
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5.1. Introduction

The global mass of atmospheric CO, is 760 GT of carbon, growing at 3.5 GT.y" (1 GT = 10"
g). It is strongly controlled by the 3060 GT of carbon in the terrestrial pool, of which 2500 GT
is found in soils. Soil organic carbon accounts for 1550 GT, with soil inorganic carbon
accounting for the remaining 950 GT (Lal, 2008). Vast quantities of organic carbon stored in
high latitude boreal and tundra soils and permafrost (Schuur et al., 2008; Schuur et al., 2009)
are susceptible to degradation, and this thought to be a problematic, as they may release vast
amounts of greenhouse gases (e.g. CO, or methane) as the Arctic climate changes (Chapin III
et al., 2009). A strong warming trend in the Arctic has led to an increase in ecosystem
productivity (Epstein et al., 2012; Guay et al., 2014), and changes in the soil organic carbon
dynamics. This is of concern as plants and microbes, and their metabolic enzymatic functions,
are highly temperature and moisture sensitive. They enhance soil fertility and biomass growth,
but at the cost of SOC mineralization which could increase levels of CO, emission to the
atmosphere (Lehmann and Kleber, 2015). Conversely, biomass growth can facilitate SOC
storage from plant-derived carbon inputs to soils if it exceeds the rate of SOC decomposition
(Davidson and Janssens, 2006). Determining this soil carbon balance (input, storage, and
output) has been the subject of numerous studies. However, of the vast body of literature on
this topic has focused on its fate in frozen soils (permafrost) (Schuur et al., 2015, and references
therein). Only over the past two decades has the importance of understanding soil ecosystem
carbon balance during soil formation re-emerged as part of large interdisciplinary projects e.g.,
Critical Zone Observatories or the Big Link Project (Bernasconi et al., 2011a; Banwart et al.,
2012; Banwart et al., 2017). These projects employed a holistic and multidisciplinary approach,
treating the soils as a reactive layer fundamental to regulating critical zone functions. By doing
so they have contributed to a significant advancement in quantifying processes based on
empirical relationships and understanding process-based relationships about a soils role in the
critical zone. In general, furthering our understanding of the carbon dynamics in lower-latitude
Alpine forefields (Alexander and Burt, 1996; Egli et al., 2001; He and Tang, 2008; Bernasconi
etal., 2011; Diimig et al., 2011; Bockheim and Haus, 2014;).

In these Alpine forefield soil formation studies, it was documented that soil formation and
ecosystem development occurred as a function of exposure age (Alexander and Burt, 1996;
Egli et al., 2001; He and Tang, 2008; Bernasconi et al., 2011; Diimig et al., 2011; Bockheim

and Haus, 2014;). A principle driving factor was shown to be bio-enhanced mineral weathering
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that facilitates organo-mineral, organic carbon stabilization. To this end, forefield fauna and
flora mining led to accelerated primary to secondary mineral conversion. Since biological
activity is intrinsically linked to the temperature during the short Alpine summer growing
season, rates of carbon turnover increased, and this led to more organic carbon degradation to
low weight organic compounds. A new paradigm for forefield soil formation was carbon
turnover, producing low weight organic compounds. These promote organo-mineral
complexation with newly exposed and reactive mineral surfaces (Diimig et al., 2011; Diimig
et al., 2012). It seems that the co-evolution of both mineral weathering and forefield ecosystem
development facilitates rapid soil organic matter (SOM) and SOC accumulation in newly
forming forefield soils (Diimig et al., 2011; Diimig et al., 2012). Yet, it is the sensitivity of
forefield ecosystems and their fragile carbon stocks in these soils, as organo-mineral
stabilization products (e.g. micro aggregates), that makes them vulnerable to the extreme

changes in Alpine climatic conditions (Smittenberg et al., 2012).

It has been suggested that studies conducted at lower-latitude, but often high altitude, can be
used as analogues for similar processes in Arctic forefields (i.e. Smittenberg et al., 2012).
Results from these non-high-Arctic forefields are unlikely to be applicable because the weather
1s more extreme, resulting in a shorter growing season (Karlsen et al., 2014). In addition, this
causes clear differences in both plant and microbiological community assemblage, and the
degree of weathering, as a function of age in Arctic forefields, compared to those in high
altitude Alpine settings (Bradley et al., 2016b; Hodkinson et al., 2003; Kabala and Zapart,
2012). Such differences will affect key soil forming processes (Jenny, 1941) and SOM
dynamics, which have been postulated to be primarily an ecosystem property (Schmidt et al.,
2011). Based on these assumptions, soil formation through combined mineral weathering and

organic carbon dynamics are potentially quite different in Alpine vs. Arctic glacial forefields.

In glacier forefields it has so far been documented that SOM and SOC can be derived from
three sources: (i) autochthonous primary production (e.g., ecosystem flora and fauna), (ii)
allochthonous material (external animal, insects and pyrogenic material) that tend to be more
aliphatic, photosynthetic carbon-based compounds and are often termed ‘modern’ carbon and
(i11) ‘ancient’ carbon associated with permafrost paleosols and lithological, diagenetic kerogen
consisting of primarily aromatic carbon (Bradley et al., 2014 and references therein). In
terrestrial Arctic ecosystems with prevailing cold climates it has been suggested that these

organic material inputs to SOC, accumulate due to low primary productivity and organic
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carbon degradation (Kirschbaum, 2000; Schlesinger and Andrews, 2000). Short-term
experimental studies certainly concur with this (Hobbie, 1996), but also indicate substrate
quality as an important factor, as plants tend to be woody, and nutrient poor. In these one year
experiments, plant litter from Salix polaris had mass losses of 12.7 % (measured in Svalbard,
78 °N), and mosses 0-8 % (Asbisko, Northern Sweden 68 °N) (Robinson et al., 1995; Hobbie,
1996). Despite these slower decomposition rates, biomass assemblage with a simple trophic
structure (Hodkinson et al., 2003; Bradley et al., 2016a; Bradley et al., 2016b) (compared to
warmer and more humid climates) resulted in appreciable SOC turnover during a century of
soil formation in Arctic forefields. This was particular evident under Arctic warming trends,
and evidenced in regional and annual to decadal changes (Serreze and Barry, 2011; Ferland et
al., 2012). In light of the organic carbon turnover times, and under Arctic warming, this could
further enhance SOC decomposition in a High-Arctic (Kabala and Zapart, 2012). This
suggests, like other forefields (e.g. Alpine), that SOC accumulation could be concurrent with

mineral weathering and pedogenic stabilization with time.

In soils, the organic matter is a continuum of different heterogeneous organic carbon-based
compounds, each with different chemical and physical properties (Lehman and Kleber, 2015).
As a result, SOM residence time at each stage of the decomposition continuum depends on its
distribution between litter, pores, aggregates and on mineral surfaces (Kleber and Johnson,
2010; Schmidt et al., 2011). Chemical preservation consists of organo-mineral interactions,
carbon adsorption onto mineral surfaces, clay minerals, iron oxides and biological exudates
(often resistant to enzymatic breakdown), which often leads to physical preservation through
aggregate formation (Tisdall and Oades, 1982; Six et al., 2002; Kleber et al., 2007). While
physical protection involves saprophyte disconnection to carbon due to pore space size, freeze-
thaw action (Schmidt et al., 2011), and mineral, protein or chemical precipitates at the mineral
surface (Kleber et al., 2007). These functions, combined with abiotic factors that control
chemical oxidation and leaching, e.g., temperature and moisture, control the SOM pool
turnover rate (Lehman and Kleber, 2015). Consequently, since SOM comprises roughly 58 %
SOC (Pribyl, 2010), changes to these controls can induce SOC turnover on short-term
timescales (hourly, diurnally, monthly, annually). However, SOC changes may respond slowly
under a polar climate, meaning long-term changes (decade to century) may be missed in short-
term experimental studies. A chronosequence approach, in deglaciating landscapes, enables
annual, decadal to centennial time-scale determination of processes that control the carbon

dynamics during soil formation, with time being the independent variable. In this study, a
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space-time, chronological approach is used, and it is hypothesised that: Arctic forefields, with
a prevailing polar climate with low primary productivity, and subsequently low organic carbon

degradation, accumulate SOC with age because of soil forming processes.

To investigate this, two different Arctic forefield locations, characterized by different polar
climates with geographical characteristics and ecologies, were selected for comparison: (a) the
High-Arctic, Midtre Lovénbreen, in Svalbard was contrasted to (b) two sub-Arctic forelands
of the Storglacidren and Rabot's glacier forefields in N-Sweden. These three forefields, and

their newly developing soils, have continually formed over the last century, post deglaciation.

The aim of this study was therefore, to gain an integrated understanding of soil organic carbon
dynamics and minerals’ weathering during ecosystem evolution in newly developing Arctic

forefield soils.

To achieve the aim, the following objectives were set:

e Bulk soil samples at two soil depths, 0-15cm and 15-30cm, and their elemental
(including organic carbon) and mineralogical concentrations should be quantified
(including iron species, namely poorly crystalline ferrihydrite and poorly soluble iron
oxides). These data sets, plotted as a function of age, will infer the strength of the
empirical relationship between soil organic carbon and mineral weathering products.

e Bulk soil sample & "*C isotopic signatures are to be measured to determine the source
and pathway of organic carbon in each of soils on the forefield chronosequences. In
addition, a carbon budget should be formulated to provide further validation of the
isotopic data, and to calculate the relative proportion of soil organic carbon derived-
vegetation, microbial (autotrophic and heterotrophic) biomass and lithogenic kerogen.

e To put the study results and their interpretation into a wider context, by comparing the
soil measurements to other glacial and non-glacial forefield studies, literature and

ecological, biogeochemical, metrological and climate data.
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5.2. Study Sites and Methods (see Chapter 4 for Midtre Lovénbreen study
site info, section 4.2.1 and 4.2.3 for the sampling scheme used)

Storglacidren (67°54'N, 18°34'E) and Rabot’s glacier (67°55'N, 18°30'E) in sub-Arctic Sweden
are classified as small valley glaciers of about 3 km? in (planar) area. Storglacidren is located
on the east side of the Kebnekaise massif, while Rabot’s glacier is on the west side Fig. 5.1.
Their forefields are 0.5 km” and 1 km?, respectively, with an elevation decrease of roughly
115m and 80m from their glacier snouts to the terminal moraine (aged 1910). These
topographic, elevation changes result in the Storglacidren forefield having a steeper slope relief
(Avg. slope 27%), while Rabot’s glacier had a gentler slope (Avg. slope 12%). In both
forefields, several braided river systems have incised into the inner moraines and the
pronounced terminal moraine (Karlén, 1973; Jahn, 1991). These streams have formed since the
Little Ice Age (LIA) glacier maximum, in response to a regional warming of ~1°C in both
annual and summer temperatures that began 1910 and continued into the mid-1930s (Holmlund

and Jansson, 2002).
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Figure 5.1. A schematic map of (a) Rabot’s glacier and (b) Storglaciéren forefields situated
on opposite sides of the highest mountain in Sweden, Kebenkaise. Literature dated glacier
moraine deposits and proglacial streams are delineated in the scheme (see key). Sampled sites
are shown as coloured dots and their ages are shown in the key.

The mean annual air temperature (1965-2014) at the Tarfala Research Station (TRS) (1130 m
a.s.l and 0.5 km away from Storglacidren) is —3.5 £ 0.9 °C. The average summer temperature
(1946-2014) is 5.9 = 1.2 °C with maximum temperatures up to 20-25 °C, while the mean
winter temperature (1965-2014) is —6.6 = 1.1 °C, with minimum temperatures of —25 °C
(Grudd et al., 1996; updated with unpublished data from the TRS). The mean annual
precipitation at TRS has been estimated as 1997-450 mm, of which 400—600 mm falls between
June and August (Dahlke et al., 2012). The Kebnekaise massif in which the Storglacidren and
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Rabot’s glacier forefields are situated in part of the late Precambrian Seve belt of the
Scandinavian Caledonides (Andréasson and Gee, 1989). Storglacidren forefield is underlain by

bedrock strata consisting primarily of Tarfala Amphibolites (Fig.5 .2).
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Figure 5.2. Geology of the Tarfala valley, obtained from (Andréasson and Gee, 1989)

In both Storglacidren and Rabot’s glacier forefields, the newly exposed surfaces (age 0-24
years) consisted of ground that was mostly devoid of vegetation apart from lichens on certain
larger rock surfaces. Mosses, sphagnum (grasses and mainly Salix species) were present as
carpets or micro-niche communities only in soils from 27-years onward. Such vegetation
became well-established after 45-years-of exposure (Fig. 5.3. & Fig.5 .4). The soils in the
forefields were characteristically not layered, and had no horizons, and typically include a high
stone content derived from their glacier till, especially in the surface layers. Consequently,
these skeletal minerals soils are classified as Leptosols and Regosols (FAO, 2006). The soils
present were effected by cryoturbation processes (Jahn, 1991) that in part resulted from an
annual active layer thaw depth of discontinuous permafrost to a mean depth of 1.5 to 1.6m

(Bolin Centre for Climate Research, 2013).
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5.2.1. Sampling

Sites in the Storglacidren and Rabot’s glacier forefields were sampled in June 2014 along a 0.5
km and 1 km transect that propagated away from the glacier snouts to their LIA terminal
moraines. At each sampled site along a predefined transect, three individual samples were
taken within a 10 m radius of the set location, to maximise the site and forefield
representativeness. This scheme enabled an adequate and reproducible space-for-time
approach aimed at understanding biogeochemical gradients during soil formation while the
forefield ecosystem develops. As explained in Chapter 4 this was the approach already used in
the Midtre Lovénbreen forefield, and similar approaches have been used in the High-Alpine
Damma Glacier forefield (Bernasconi et al., 2011) which is also a valley glacier with similar
geomorphological characteristics to those in Storglacidren and Rabot’s. Prior to sampling,
each site was photographed, notes were taken describing the site characteristics and its GPS
coordinates were recorded, (Table. 5.1). Bulk samples were excavated from the soil at a depth
of between 0-15 cm with sample sizes being roughly 30 cm®. Firstly, a trowel was sterilised
(using ethanol whips), introduced to the site’s soil, and then used to collect the soil samples;
this way both clean geochemical/mineralogical samples, but also microbiological and carbon
samples could be collected. Any obvious overlying vegetation was removed, and samples were
placed in sterile whirl-pack bags which were shaken for ~ 5-minutes for homogenisation. In
addition, un-weathered source rocks, representative of the glacier catchment lithology’s were
collected. As already explained in chapter 4 the in-situ soil moisture (using a Theta Kit
Moisture Meter), soil strength (using a soil penetrometer: Humboldt Mfg. Co. H-4195), and
the temperature (using a HannaHI-76305: interface unit: model: pH 210) were measured at
each site. Sampled sites were then backfilled. On return to the Tarfala station laboratory
(usually maximum 2-4 hours later) an aliquot (200g) was removed, while the remaining sample
was frozen at -20°C for shipping back to the University of Leeds. Each sampled sub-aliquot
was analysed for its pH and conductivity after reacting with deionized water in a 1:2.5 soil:
solution ratio. The soil water mixtures were shaken and reacted for ~ 30 min and then left to
settle for ~ 60 min. prior to measuring the pH in supernatant using a glass electrode (VWR,
model: 622-1759) and a pH meter (Hanna, model: pH 210) that was calibrated just prior to use,
using NIST standard buffer solutions at 19 °C. In addition, the conductivity was measured with
a meter (Hanna, model: pH 210). Finally, each of aliquot was air-dried, and the dry sample soil

colour was noted according to the Munsell Soil Colour Chart (Munsel 2009).
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Figure 5.3. Photographic mosaic of the sampled sites in the Storglacidren forefield. Note: at
site zero snow patches were still present, young sites (0 to 24-years) were devoid of
vegetation apart from lichens on larger rocks. Significant vegetation establishment started at /
after ~ 27-year site as evidenced through an abundance of mosses, sphagnum, lichens and
grass tussocks. Thereafter, species became more diverse, however, the absolute abundance of
mosses decreased from the 27-year-old site onward while the relative abundance of
sphagnum, grasses and vascular plants of the Saxifraga genus increased with age. At site
80(b) considerable moss and sphagnum carpets and vascular plant Saxifraga species
dominated the vegetation coverage. The overview photo included an aerial photograph
(facing east), showing the forefield, key landscape features and the transect sampled as
delineated and labelled.
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Figure 5.4. Photograph mosaic of each of the sampled moraine age sites in the forefield of
Rabot’s glacier, Sweden. Note: at young sites vegetation is absent, mosses, sphagnum and
lichens are present at/after 34-years site; thereafter they increase in relative abundance. At
site 104(b) ground conditions were waterlogged and unlike other sites we sampled a thick
organic matter layer as well as abundant vascular plants (e.g. saxifraga and grasses) were
observed. The overview photo shows an aerial view (facing west) of the forefield, as well as
key landscape features and the transect sampled.
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Evaluations of the glaciers termini positions and age were made using land and aerial
photographs sourced from: Rabot’s = (Brugger, 1992; Brugger et al., 2005; Brugger and
Pankratz, 2015); Storglacidren = (Koblet et al., 2010). Moraines deposited over the last decade
were dated using satellite imagery (S) from Landsat 4, 5 (TM) and 7 (ETM) and Quickbird.
Sampled sites in between known moraine ages were obtained by pro-rata distance between two

known ages (Figure.5.1. & Table.5.1).

Table 5.1. Chronological information and GPS coordinates for the sampled moraines and
ages from Midtre Lovénbreen, Svalbard, and Storglacidren and Rabot’s glacier, Sweden.
Sample site ages were determined by delineation of the glacier snout using historic aerial
photographs as it retreated (Hodkinson et al., 2002). Moraines deposited over the last decade
were dated using satellite imagery (S). Unknown ages were estimated by pro-rata distance (P)
between two known ages assuming a linear rate of retreat over the last century: Midtre
Lovénbreen = 14m a™' (Hambrey et al., 2005), Storglacidren and Rabot’s =4 tol0 m a™
(Holmlund et al., 1996).

Morame Dating Midtre - .
site age . Storglacidren Rabot's glacier
approach Lovénbreen
(years)
0 (glacial S 78°53'48.134 N 67°54'11.2716" N 67° 54'25.6284" N
snout) 12°3'4.504 E 18°36' 14.22"E 18°26'51.0792" E
2 S 78°53'48.942 N « «
12°3'5.902 E
3 S 78°53'49.615 N * *
12°3'6.951 E
5 P 78°53'50.894 N * *
12°3'9.048 E
13 P 78°53'55.327 N " %
12°3'16.388 E
15 L * 67°54'11.2608" N *
18°36'15.678" E
16 L « « 67° 54' 24.6456" N
18°26'43.98" E
20 P * 67°54'11.4876" N *
18°36'17.8848" E
21 L 78°53'59.845 N * *
12°3'26.525 E
24 L « 67°54'11.772" N «
18°36'21.9744" E
27 L * 67°54'12.024" N *
18°36' 23.6664" E
31 L « 67°54'12.6216" N «
18°36'24.8904" E
34 L « 67°54' 12.582" N 67° 54'25.164" N
18°36'28.7568" E 18°26'2.6376" E
40 L 78°54'6.709 N * *
12°3'39.109 E
45 P * 67°54'13.3128" N

18°36'30.1428" E
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50 L 78°54'11.149 N

% %
12°3'46.449 E
55 L . 67° 54' 13.7736" N .
18° 36' 34.9848" E
62 L . . 67° 54'24.588" N
18°26' 27.9348" E
80 P (a) 67° 54' 15.0012" N

18° 36' 41.6376" E
(b) 67° 54' 14.8104" N
18°36'41.9148" E
104 L (a) 67° 54' 24.8004" N
18° 25'39.4176" E
(b) 67° 54' 28.4112" N
18° 25'39.018" E

5.2.2. Chemical Analyses

Upon return of the samples to the Leeds’ laboratories, and prior to any sub-sampling for
chemical analyses, each was vigorously shaken for homogenization for ~ 5 min. Then ~ 200 g
were weighed-out and sieved, to either >7 mm, 7-2 mm or <2 mm fractions. All size fractions
were then dried at 40 °C for 48 h and re-weighed to evaluate relative soil moisture content.
Samples were then crushed to a homogeneous powder using an agate disk-crushing mill.
Finally, if needed, samples were sieved to <63 pm and the remnants re-crushed to achieve a

uniform, homogenous powder.

In all crushed powders, aliquots were used to measure total organic carbon (TOC) contents and
carbon isotopic composition of each bulk soil samples, as well as the patent and source rocks.
These measurements were carried out at the Geo Forschung's Zentrum (GFZ) in Germany.
Prior to analyses, any possible inorganic carbon from mineral carbonates were removed by
treating the powders with 10% HCI at room temperature for 24 h. Once CO, effervescence had
stopped, samples were centrifuged, washed (to remove remnant acids) and dried again at 40 °C
to avoid loss of volatile organic carbon (Caughey et al., 1995). For analyses, samples were
combusted in sealed tubes with CuO at 900 °C for 2 h to convert all organic matter to COs.
The TOC was measured using an elemental analyser (Carlo-Erba NC2500), whilst ' Corg Was
analysed using a mass spectrometer (DELTAplusXL ThermoFisher). The limit of detection
was <0.01 TOC (wt%) and 813C0rg <0.05%o; analytical accuracy was 813C0rg 0.3%o, and TOC
0.02 wt% (95% con. limit), see Appendix. C. Table.1 & 2 for TOC and 813C0rg data and SD of
replicates. The >C/'*C of samples was reported relative to the *C/'>C of the Pee Dee Belemite

(PDB) standard in delta (3) per mille (%o) using Eq. 5.1.:
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913C = (13(:/ alzcsample

130/ 912C,,, - 1) 1000 Equation 5.1

Soil organic stocks were calculated according to the following equation (Mavris et al., 2010):

SO0Cstocks = Cpd(1 — RM) Equation 5.2

where SOCqo denotes the organic carbon abundance (kg/m?®), C, the organic carbon
concentration (kg/t), d, the thickness of the layer sampled (m), RM the mass proportion of rock
fragments >2 mm, and p the soil density (t/m’). We used an average dry bulk density of glacier
till of 1.4 g.cm™ in Midtre Lovénbreen (He and Lee, 2008), and assumed a similar soil parent
material and level of weathering over a century, and a density of 1.1 g.cm™ for samples from
Storglacidren and Rabot’s (Fuchs, 2013)(for SOCgck sensitivity analysis to different soil bulk
densities Appendix C, Table 3).

All iron species in the crushed powers were quantified using an operationally defined iron
extractions procedure (Poulton and Canfield, 2005) (unless otherwise stated). Extractions were
performed under oxic conditions in constantly agitated 15 ml centrifuge tubes (polyethylene:
Sarstedt: Ref. 60.732.001), except for the boiling HCI step, that was performed in glass test
tubes. The samples were subjected to a series of sequential extractions that progressively
removed more and more stable iron species. Step 1) was an ascorbic acid treatment that targets
poorly crystalline ferrihydrite (Raiswell et al., 2010). Step 2) is reaction with a sodium
dithionite solution (50 g.I"") buffered to pH 4.8 with 0.35 M acetic acid / 0.2 M sodium citrate
to extract ‘reducible’ crystalline iron oxides (goethite, hematite and akaganeite). Together
extractions 1&2 are termed the highly reactive Fe fraction (Feur). Step 3) A 0.2 M ammonium
oxalate solution (pH 3.2) was used to extract magnetite. However, as the dithionite extraction
was performed before the oxalate extraction (as suggested by Poulton and Canfield, 2005
magnetite, Fe may be ~ 4 % underestimated. Step 4) Reaction with a concentrated 12 N boiling
hydrochloric acid (HCI) extraction, (5 ml HCI reacted for 1 min.), used to quantify Fe
remaining from certain sheet-silicate minerals (nontronite, chlorite, glauconite, biotite).

Extractions 3 & 4 are termed the poorly reactive Fe fractions (Fepr). The total Fe (Feiotar) in the
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powders was analysed using X-ray florescence spectroscopy (see below and chapter 4). Step
5) This represents the difference between total Fe and the sum of each of the extraction phases,
and is termed the unreactive iron fraction (Fe,), plus pyrite Fe. This fraction consists of residual
silicate iron, specifically from pyroxenes and amphiboles, which are essentially unreactive
towards dissolved sulfide, (Poulton and Canfield, 2005). Each of the extract solutions were
analysed for their dissolved Fe concentration using atomic absorbance spectroscopy (High
Resolution Continuum Source Contra AA 700 Atomic unit). An analytical accuracy of <0.16
(Wt%) 95% confidence, and a limit of detection of 0.05 (wt%) were achieved for all extraction

fractions. For data precision and blanks see Appendix C, Tables 4-7.

In all powdered samples, major (Si, Al, Fe, Mg, Mn, Ca, Na, K, Ti, P) and minor elemental
concentrations (Ba, Co, Cr, Cu, Ga, Ni, Pb, Rb, S, Sr, V, Y, Zn and Zr) were analysed using
X-ray florescence spectroscopy (XRF) (Pan-analytical, model: Axios) on fused glass pellets
that were prepared using a 1:6 ratio of sample: fluxona plus 0.7 g of ammonium nitrate.
Samples were dissolved in platinum crucibles by heating them on a five-stage, melting stage.
The temperature ranged from 450 to 1100 °C over a 30 min. melting period, and removed
volatile species that are included in the, loss on ignition (LOI). On the final heat stage, the
molten solution was cast into a platinum form that was left to cool before being re-weighed,
cooled and analysed. For major elements the data is reported as oxides in wt%, while minor
and trace elements are reported as elements in ppm. The standard reference material, Granit
GM (Abbey, 1980; Dulski, 2001) was used, and the analytical accuracy was £ <0.06 (wt %)
95.0% confidence limit for most element oxides, and + <8.83 ppm, 95.0% confidence limit.
For the XRF data minor and trace elements and analytical precision see Appendix C, Table 8,
unless otherwise stated.

Microbe classes and their relative abundance were identified and quantified using an optical
microscopy at the University of Bristol. Under an auto-fluorescent light using functional dyes
and photosynthetic pigmentation allowed their cell to be counted. A negative control was a
sample with no visible stained or auto-fluorescing cells Thirty random grids (each 104 um2/
were counted per sample. Cell morphologies were measured and cell volume was estimated

and converted to carbon content per Bratbak and Dundas 1984.
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5.2.3. Statistics

All data processing was conducted with either the SPSS (IMB®™) or the Microsoft Excel®”
software. To examine the relationships between moraine age (independent variable) and
dependent variables such as chemical concentrations, both simple and multiple regression
analyses were conducted. Simple regression was used to identify the pattern (e.g., linear or
nonlinear) of the relationship with each dependent variable. Data normality was checked using
a Shapiro-Wilk test and Z scores and histograms to select appropriate parametric or non-
parametric statistical tests. For the statistical comparison of means, using their sum of squares,
a test for homogeneity of variances is required, Levene's test was used. If the variance level
from this test was >0.05, a one-way ANOVA test was used to test independent data sets for
their statistical significance (significance level 0.05) on one dependent variable and two or
more (independent variables) groups. Data with unequal variances (Levene's test <0.05) were

tested for their significance using the Welch’s ANOVA test.

5.3. Results

5.3.1. Basic geochemical debris properties and soil classification

Over a century of deglaciation, a change in pH was evident (Appendix C, Table 9, & Fig. 1).
In Midtre Lovénbreen and Rabot’s glacier forefield, an inverse relationship between pH and
moraine age along the transects was observed, with 70% (R* 0.7, p value < 0.05) of the pH
variability being accounted for by moraine age. The decrease in pH with age from 8.3 to 7.5 in
Midtre Lovénbreen and 6.7 to 6.3 in Rabot’s glacier was contrary to the lack of correlation
between pH and moraine age in the samples from the Storglacidren transect. In this transect
the pH remained roughly stable at 6.5. However, one significant deviation was observed at 20
years, where the pH was closer to neutral, 7.6 + 0.5, and in the 24 year old soils where the pH
was more acidic at 6.0 1 and the 27 year-old soils where the pH was 6.4 £1. The soil moisture
contents in the Midtre Lovénbreen transect soils (Appendix C, Fig.1) decreased exponentially
from 100 % moisture at the DE glaciated forefield interface, with values of 10%, and often
below the limit of detection, further away from the glacier (Appendix C, Fig.1). In the soils
from the Rabot’s forefield, a similar decrease, albeit linear was evident as a function of moraine

age. In the Storglacidren samples, where the relief was steeper, no correlation between soil
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moisture and moraine age was evident. In a similar fashion, no correlation between soil strength
and moraine ages was observed in the Storglacidren samples, yet significant variability
between soil strength values was evident (Appendix C, Fig.1). Again, this contrasted with the
strong positive correlation (R* = 0.87) that was statistically significant (p value < 0.05), in the

Rabot’s forefield soils, which was characterized by more consistent variability between sites.

5.3.2. Total Organic Carbon (TOC)

Total organic carbon increased as a function of moraine age in the forefield of Midtre
Lovénbreen. This is exhibited by a strong positive linear correlation (R* = 0.95, p value <0.01)
(Fig. 5.5.; for all correlation coefficients see Appendix C, Table 10). This relationship was
present in all of the three transects (Trl, Tr2 and Tr3) both in the surface (0-15c¢cm) and
subsurface (15-30cm) bulk soils sampled (see Appendix C, Fig.2 and Section 4). The TOC was
initially low (0.06 wt%) at the glaciers snout (zero-years-old) and it increased more than
fivefold to 0.33 wt% in the sample from the 113 year-old moraine. Unlike Midtre Lovénbreen,
the TOC in the bulk soils in the top 0-15cm of Storglacidren and Rabot’s forefields seem less
dependent on moraine age (Fig. 2). Only a weak positive relationship (R? = 0.42; black dashed
line of best fit) was observed, yet a significant correlation (p value < 0.05) was present in the
Storglacidren samples. Although, this relationship becomes weaker, it remains significant (R?
=0.21, p value = <0.05; green dashed line of best fit) if TOC outliers 0.26 £ 0.1 and 0.34 £ 0.2
associated with the moraine ages 27 and 80 years respectively, are excluded (see Appendix A,
Section A.1, for justification for the removal of these sites). In the Rabot’s glacier soils, the
positive linear relationship is more dependent on moraine age than Storglacidren, with a
correlation coefficient of R>= 0.66 and significance of p = <0.05. However, the range in TOC
values over the similar deglaciation period was smaller. In the zero-year-old samples, the TOC
was within the uncertainty 0.02 wt % (£ 0.02) of the analyses, but it increased and reached an
asymptotic concentration of 0.13 wt % at the 104 year-old moraine. In contrast, the TOC in
Storglacidren soils ranged from 0.01 (=LD) to 0.57 (wt%), the largest range of TOC of the
three forefields. Overall, it was notable that in all forefields, considerably more TOC variability

was observed in samples from the older moraines.
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5.3.3. Organic & °C (8 "Crp)

Stable carbon isotopic values (813C0rg relative to PDB) revealed in the samples from Midtre
Lovénbreen that the ¢’ 3COrg was characterised by a relatively large isotopic change from heavier
6]3C0rg of -18%o 1n 0 year-old samples (glacier snout) to lighter values of -25%o in the 113 year-
old moraine soils (Fig. 5.5). This negative linear relationship with moraine age has a correlation
coefficient of R? 0.76 that is statistically significant (p value < 0.01). This trend was valid for
all three transects (Trl, Tr2 and Tr3) both in the surface (0-15cm) and subsurface (15-30cm)
bulk soils sampled (see, Appendix C, Fig.2). In contrast, only a smaller, 3-4 per mill %o & 13Corg,
isotopic shift was observed with age in Storglacidren (-23%o to -26%0) and Rabot’s glacier (-
21%o to -25%0) samples. In these forefields, although the 6]3C0rg do have similar asymptotic
values like in Midtre Lovénbreen, yet they are less dependent on moraine age as evidenced by
the weaker linear negative correlations observed (ST = R*0.46, RB = R?0.50). However, these
relationships are statically significant in both N-Swedish forefields (ST p value <0.01, RB p
value <0.05). Linear regression analysis allowed an average annual isotopic change of roughly
twice the values of 0.045 & 13COrg %o a”' to be calculated for soils in Midtre Lovénbreen forefield

and values 0f 0.017 and 0.024 6 13COrg %o a” for Storglacidren and Rabot’s glacier, respectively.
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Figure 5.5. Average isotopic 5" Corg (%0) (white circles) and TOC (black points) plotted as a
function of moraine age in Midtre Lovénbreen (ML), Storglacidren (ST) and Rabot’s glacier
(RB) forefields. Uncertainty bars represent 16 of triplicate samples at each moraine age.
Note: in plot of ST samples, the outlier TOC values were included in the linear regression
analysis (green points and line) although these TOC outliers corresponded to soils from ages
27 and 80(b)-years, where moss carpets, grass swards and saxifrage vascular plants (80(b)
only) were present (see Fig. 5.3).
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5.3.4. Chemical Weathering Index of Alteration (CIA) and reactive iron fractions

Overall, it can be said that the changes in major element composition of the bulk glacier-debris
soil samples revealed weak signs of chemical weathering and associated alterations in soil
mineralogy. Easily leachable base cations (i.e., Ca, Na and K) associated with primary mineral
weathering remain, in general, unaltered over a century of weathering. The CIA values change
only slightly from a value that infers an unaltered / fresh character (<50) to values that indicate
just incipient weathering (50-60). As discussed in chapter 4 deglaciation and debris exposure
in Midtre Lovénbreen once corrected for Ca in carbonates revealed only weak weathering
at >50 years. In the freshly exposed soils in Storglacidren and Rabot’s glacier forefields, on
average, considerably lower (~40) CIA values were observed, reflecting both the fresh
unweathered character of the newly exposed material (Fig. 5.6a). Also, likely reflecting the
fact that the CIA approach may not be entirely suitable for the more complex lithologies in the
N-Swedish catchment compared to Svalbard. However, with increasing age in Storglacidren
CIA value of =>50 were observed at certain ages where vegetation of micro-niche
environments was present. For example, soils from age 27 years’ exposure had a CIA value of
76 £ 37.3, while soils from age 80 also showed highly weathered CIA values of 75 £+ 29.7.
These two sampling sites were explained previously to be outliers in terms of TOC (see above
and Appendix A, Section A.l.), yet they show high degrees of change in terms of chemical
weathering. Finally, in the soils from Rabot’s, the CIA value at the earliest ages also indicated
a very unweathered character (CIA <50), and with exposure age only relatively weak changes
in chemical weathering index values were observed (i.e., at 62 years, CIA =53.5 £ 11.5 and at

104 years CIA = 61.8 £27).

When assessing if the iron speciation in the various chronosequences and transects in the three
glacial forefield soils affected by exposure age, a regression analysis of the Feyr fractions,
derived from in-situ weathering, revealed, in all cases, no correlation. Indicating that this type
of weathering was not dominant in these soils (for all data from ML, see Appendix C, Fig. 3).
The data showed that ferrihydrite, the most indicative of pedogeneic processes, remained at a
roughly constant concentration in Midtre Lovénbreen soils. Although, in Storglacidren soils
some site-specific variations were observed at young ages. These variations were within the
range of natural variabilities (Fig. 5.6b). In contrast, more significant changes were observed
in Rabot’s soils samples, with an increase at the >104 year-old moraine, being one order of

magnitude higher than the average. However, this highest age moraine sample, in the Rabot’s



146

transect, was waterlogged, and was characterized by a thicker organic layer (Fig. 5.4.); making
this sample a periodic histosol, in contrast to the other sample soils along this transect which

were all classified as Leptosols and Regosols.

100 |
a ML 0.6 b
( ) R? = 0.0864 (ML) I (b) (ML)
75 I 0.4 @ Ferrihydrite
.'.‘.....}... ......................... ! l : ‘ d
50 I ® Fe oxides
0.2 & T
25 : 3o ¢
e e ® [
0 L ¥ ¥ ¥ v L Al ¥ L] ¥ T Al Al ¥ A 1 | 0.0 1 Ll Ll ! J 1 T T ! A 1 ) T T T 1
0 40 80 120l 0 40 80 120
100 - , (s, 03 (ST)
] R? = 0.1935
7S .{ : : 0.2 {
> 50 E e R T. |§ }ii ii § ;
e v ae® [ L 1 =
z ] I Fo1
S 25 7 - . 0 5§ H
] [ )
0 ] r-rrrr-rrrr-rrrrrrr™ l 0.0 | [N BN BN BN B B SN SN BN BN SN B B S |
0 40 80 120 | 0 40 80 120
|
100 (RB) | 06 - (RB) .
75 *R20.380 ) |
| I 04
o reeeeeeeet ) I o
SO P et . l :
. ® Y l 1
0.2 1
25 |
| o ® .
0 | SR SENNE SENNE SN SEEND SHENE SENN SENN SENNS SEENY SEEN SENNE Suu Su S | I 0_0 L LIS B BN R BN BENN SN BN R N BN B S |
0

40 80 120 0 40 80 120
Moraine age (years) X Moraine age (years)

Figure 5.6. Plots (a) of the average CIA values and (b) highly reactive iron phases (Fepr)
showing both ferrihydrite and Fe oxides as a function of moraine age for Midtre Lovénbreen
(ML), Storglacidren (ST) and Rabot’s glacier (RB). Uncertainty bars represent 16 of triplicate
samples from the same aged site. Dashed grey horizontal lines (CIA plots only) represent the
value of nominally ‘fresh’ unweathered metasedimentary samples, while the dotted black
lines are calculated linear regression line. It is worth noting that the CIA values < 50 in the
ST and RB soils may indicate local variations in weathering but possibly also point to issues
with the applicability of the CIA index as defined in the literature (Pri) to the rocks in the two
N-Swedish catchments, where not all rocks were metasediments.
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Interestingly, when comparing the changes in iron chemistries between the three glacial
forefields (and not along each chronosequence or transect), major differences were observed.
These differences were due primarily to variations in the relative abundance of the different
iron fractions. One typical example was, the fraction Fe,, which was 7 times higher in soils
from Storglacidren and Rabot’s glacier compared to Midtre Lovénbreen (Fig. 5.7). In the soils
in the transects in Storglacidren and Rabot’s glacier, the Fe, was likely associated with
pyroxenes and amphiboles (Andréasson and Gee, 1989). Literature data indicates that the
source rocks in the local lithologies contain such minerals in abundance. When combined with
the fact that the Fe, extraction step (Poulton and Canfield, 2005) targets Fe primarily form such
Fe containing silicates, this supports data that showed the Fe, in these transects was derived
from the silicate’s primary rock type which was present in lithological units in the Tarfala
Valley that underlay Storglacidren and Rabot’s glaciers (Fig. 5.6b). Other more reactive phases
than Fe,, but still considered the poorly reactive iron fractions Fepr (magnetite and Fe bound
in sheet-silicates), also show a large difference between Midtre Lovénbreen, Storglacidren and
Rabot’s. Sheet-silicate iron is usually associated with the mineral biotite, which is present in
the gneisses and amphibolites in Storglacidren and Rabot’s (Andréasson and Gee, 1989 and

Fig. 5.2).
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Figure 5.7. Box and whisker plots of operationally defined Fe fractions for each of the
glacier forefields. Interquartiles are set as 1% = 25 % and 3" =75% of the sample size and the
interquartile range (IR) is the difference between the 3™ and 1* interquartile values.
Minimum and maximum (whiskers) are those values within the sample size that exclude
outliers. Outliers were set as > than the critical value calculated as follows: mild outliers =
1.5*IR (circles) and extreme outliers 3*IR (stars)

5.4. Discussion

5.4.1. TOC and 8"Cyy,

The accumulation of organic matter is considered the most important aspect of soil formation
in a succession sequence (Viereck, 1966). Results from this study showed that TOC, in general,
increased as a function of moraine age (Fig. 5.5). Other Arctic and non-Arctic forefields also
observed an age dependent accumulation of TOC over similar, century long timescales of
deglaciation and soil development (Stork, 1963; Kabala and Zapart, 2012; Mavris et al., 2010;
Bernasconi et al., 2012). In European Alpine forefields, plant assemblages, and in turn

ecosystem evolution, was found to be the primary driver of TOC accumulation (Dumid et al.,
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2011; D’ Amcio et al., 2014; Cohen et al., 2007). In the few Arctic forefield studies, TOC
accumulation was inferred through changes in above ground percentage coverage (e.g.
Hodkinson et al., 2003), however the drivers of the below ground TOC accumulation in the
bulk soil are still unclear. Autochthonous plant assemblages often provide considerable input
of organic matter to soils, and this could be a driver of TOC accumulation. In the current study,
bulk soils were measured for their 5" Corg 1sotopic composition and plotted as a function of
moraine age (Fig. 5.5). A strong inverse relationship with moraine age is observed. To further
aid the identification of the isotopic endmembers, and possible organic carbon sources, in
addition to possible non-linear isotopic fraction processes (Faure and Mensing, 2005) an
isotope mixing model 8]3C0rg vs. 1/TOC (1/wt%) was used (Fig. 5.8; for all forefield transect
see, Appendix C, Fig. 4). Using this approach, straight lines representing a simple mixing of
two endmembers, were derived. If an exponential line was found, this would have indicated
that the data would have been the consequence of a single isotopic fractionation process (Faure
& Mensing, 2005). In the bulk soil analyses in this study, all mixing lines exhibited straight
trends and strong linear relationships (R* 0.59-0.94) that were significant (p value <0.001)
(Appendix C, Table 10). Based on these trends, and thus treating the observed data as a binary
mixture of two endmembers, the separate organic carbon-based sources lead to the observed
TOC pool accumulations. To do this, several assumptions had to be made: (i) the two end
members were the main contributors of organic material to the bulk soil and (i1) few secondary
isotope changes affected the bulk soil after its deposition. Such changes to the latter are usually
detectable only by compound specific analyses and are generally negligible with respect to the
isotopic composition of the bulk sediment. The data clearly shows that TOC accumulates with
age in all forefields. This means that the data shows that endmembers likely represent: (a) the
organic carbon provenance at young ages and (b), what organic carbon pool(s) are responsible
for TOC accumulation after roughly a century of deglaciation. Such assumptions have possible
pitfalls, below is discussed the rationale behind constraining the two endmembers identified,

and the differences between forefields.
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Figure 5.8. Isotopic 613Corg (%o) vs.1/TOC of the soils from the Midtre Lovénbreen (ML),
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axis between -25 and -28. The notation (a) represents soils at zero-years-old, while (b) is soils
from the 113-year-old moraine. For the 95% prediction intervals for mean of the samples, see
Appendix C. Fig.5.
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Those found in Midtre Lovénbreen 0.07 TOC wt.% are significantly higher (p value > 0.05)
than at Storglacidren 0.01 TOC wt.% and Rabot’s 0.02 TOC wt.%, which are both at the LD
and within uncertainty, and thus highly unreliable. Furthermore, § '*C values reveal that TOC
in Midtre Lovénbreen was comparatively & *C-enriched -18.7%o, compared to Rabot’s -20%o
and Storglacidren -23%o. These differences between TOC and & "°C isotopes arise from the
source and age of organic carbon. In Midtre Lovénbreen, where vegetation is absent at zero-
years, & °C values are typical of diagenetic kerogen with an algal origin & °C -17.7-22.8%o
(Spiker and Hatcher, 1984; Hayes, 1993). In Midtre Lovénbreen the kerogen likely originates
from coal, and in part, sandstones, and conglomerates, which are all part of the source rocks
within the glacial catchment. These were all present in the glacial till (TOC, 0.3 wt% and
0.1wt%, respectively, Appendix C, Table 2). The low isotopic scatter at 0 years-old is
characteristic of kerogen, whereby labile organic compounds (e.g., carbohydrates) are
preferential removed to more diagenetic-stable ‘recalcitrant’ species (Spiker and Hatcher,
1984; Petsch et al., 2000). Consistent with 6 13 and source rock-TOC results are an observed
high relative abundance of aromatic carbon compounds compared to polysaccharide, proteins
and phenols at young ages in Midtre Lovénbreen (White et al., 2007). Moreover, as mentioned
above, the Permo-Carboniferous rocks in the geological basin Midtre Lovénbreen contain
bituminous, kerogen in the coal seams that are primarily anthracitic in nature (Dineley, 1958).
Ancient carbon evidenced in other forefields is often assumed to be organic matter from
beneath glaciers or paleosol remnants (Bardgett et al., 2007). The results from this study have
shown geological, diagenetic organic carbon is an additional source to consider in soils

developing from metasedimentary glacial tills.

In Storglacidren and Rabot’s forefields, initial carbon contents are negligible and 8]3C0rg at
young moraine ages are & ~C 4.3 to 1.3%o heavier than in Midtre Lovénbreen. This was
expected, as the glacier’s catchment contains primarily high grade metamorphic and
subordinate metasedimentary rocks (Andréasson and Gee, 1989) containing no organic matter
(Burt, 1977). Instead, modern photosynthetic organic carbon accounts for endmember (a) in
the forefields of Storglacidren and Rabot’s (Fig. 5.8). Possible sources are allochthonous inputs
from a glacier’s ice-surface, Aeolian, meteoritic and ornithological and mammalian excrement
(Bradley et al., 2014). In addition to autochthonous sources, biological communities such as
algae (White et al., 2007) and endolithic organisms such as lichen, or microbial biomass may
contribute to the observed increase (Rime et al., 2016). An isotopic shift from &' Corg-depleted

values -24%o in Storglacidren and -23%o in Rabot’s, at the glacier-forefield interface, to more
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enriched values -22.2%o in Storglacidren and -20%o in Rabot’s. These progressively depleted
at older ages, showing that there are two separate organic carbon inputs, and are suspected to
be from a range of glaciogenic organic carbons inputs. For example, supraglacial cryoconite or
algae or Aeolian derived C3 photosynthetic biomass. Such sources typically have lighter
813C0rg values (Lutz et al., 2015), and proglacial tills are often saturated with water and
subjected to mixing (i.e., high SD of TOC in Rabot’s) at the glacier-forefield interface. Organic
carbon delivery by this pathway has been observed in other forefields (Bradly et al., 2014;
Rime et al 2016). In this study, the transects away from the glacier-forefield interface, in the
vadose zone soils, have 813C0rg depleted values with a wide isotopic scatter that increase
chronologically. Organic carbon, derived from a multitude of sources, reflects the observed
trends (Fig. 5.8). For Storglacidren and Rabot’s glacier, microbial supraglacial sources (Lutz
et al., 2015), combined with C3 plant substrates with different types of residual plant matter
and isotopic values (O'Leary, 1981; O'Leary, 1988; Ziegler and Liittge, 1998), could explain

the observed trends.

Extrapolation of the linear regression models showed a clear pathway towards endmember (b)
that is typical of C3 photosynthetic organisms (-27%o; Craig, 1953; O'Leary, 1981; O'Leary,
1988)(Appendix C, Fig.4). This provides evidence that photosynthetic C3 plant carbon
dominates the total organic carbon pool and drives its accumulation in the bulk soil at higher
exposure ages. Unsurprisingly, these results are consistent with an increase in vegetation
ground cover, diversity and abundance, as evidenced in all three transects (Fig.5.3 & 5.4), and
as supported by independent ecological studies (Hodkinson et al., 2003; Stork, 1963). The
difference between TOC and isotopic scatter along the mixing lines in each forefield likely
derives from the differences of type of C3 plants in the forefields (O'Leary, 1988; Ehleringer,
1991). This can be also enhanced by differential rates of degradation in the different plant
species (Schmidt et al., 2011). It is plausible that this was because only 24 plant species were
present in the forefield in Midtre Lovénbreen (Hodkinson et al., 2003), as evidenced by the
narrow range of isotopic scatter along the mixing line. On the contrary, in Storglacidren 43
species have been documented (Stork, 1963) resulting in a wider isotopic scatter. Comparing
with Alpine glacial forefields, e.g., in the Damma glacier, Switzerland, where the diversity and
abundance of plant species is much greater after only a decade of deglaciation (vascular Salix
is established) (Bernasconi et al., 2011), a wider and plant dominated isotopic scatter is not

surprising (-25.5 to -28.5%o0; Smittenberg et al., 2012).
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5.4.2. Carbon budget, organic carbon accumulation and possible mechanisms for
stabilization or losses

A carbon budget for the soils in the Midtre Lovénbreen forefield was used with the aim of
quantifying the relative fractions of three known organic pools making up the measured TOC:
(1) total microbial biomasses (OCicrobe) (autotrophic + heterotrophic), (ii) kerogen (OCyerogen)
and (ii1) organic carbon of photosynthetic C3 plant origin (OCpjant). The OCpicrobe along the
chronosequence was taken from microbial biomass counts (taken from an aliquot of the
samples in this study; Bradley et al., 2016). OCyerogen concentrations in 0 year-old samples
matched TOC values (0.079 wt%) and & ° Corg value of -18.7 indicating diagenetic kerogen, as
vegetation was absent (Spiker and Hatcher, 1984; Hayes et al., 1997). At older ages, OCyerogen
decreased by 20% (assuming a linear decrease) over the first 27 years of glacier retreat (our

study was 29 years)(White et al., 2007). Subsequently, a correction factor was used as follows:

a=29
Ockero,corr = Z [Ockerogen] x 0.0005 Equation 5.3
a=0

For the remaining site ages, OCycrogen remains at a constant abundance. Using TOC
concentrations along transects Trl (data in Appendix C, Table 1), Eq 5.4 was rearranged to

determine OC,jan; as follows:
OCplant = TOC — OClhicrobe — Ockero, corr Equation 54

It is important, however, that these results are used cautiously. Firstly, because it was suggested
that the presence of aromatic hydrocarbon precursors (AHP) compounds have not been derived
from kerogens (White et al., 2007). AHP are generally considered not to come from lignin /
coals, and thus we presume they mean plant origin. Secondly, the source of AHP remains
identified in their bulk soil samples, thus using the evidence of sedimentary carbon we assign
it to diagenetic kerogen (evidence discussed above, Section 5.4.1). Thirdly, all variables are
subject to temporal change, particularly OCpane and OCricrobe that represent the average

community biomass at that point in time.
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Figure 5.9. Plot (a) absolute organic carbon fraction concentrations on a Log 10 scale as a
function of moraine age for each of the organic carbon pools. OCpjant and OCherogen,corr WeTe
calculated using Equation. b.3. & 4. The sum of autotrophic and heterotrophic microbes
equates to OCicrobe. For all used data sets see, Table 13. (b) the relative abundance C,
compared of microbial diversity from model output and genomic analyses at 0-, 5-, 50-, and
113 year-old soil in Midtre Lovénbreen forefield (figure from Bradley et al., 2016). Note: the
considerable shift in microbial population from A; Chemolithoautotrophs, such as known
iron or sulfur oxidizers (genera Acidithiobacillus, Thiobacillus, Gallionella, Sulfurimonas) to
H,, general soil heterotrophic microorganisms (mainly members of Alphaproteobacteria,
Actinobacteria,Bacterioidetes,andAcidobacteria).

Carbon budget results agree with those from the 813Corg mixing models, that OCpjay fraction of
the TOC pool drives the accumulation of organic carbon in Midtre Lovénbreen (Fig. 5.9a &
Table 5.2). Kerogen is the dominant source of carbon in young soils and microbial processes

and plant colonization dominates at later ages. This result supports the findings of White et al.,
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2007, on samples from the same forefield in Midtre Lovénbreen, where they measured a shift
in carbon species within the soil carbon pool from a presumed algal kerogen source to an
organic carbon lignin-based substrate from plant litter inputs. Collectively, these results
suggest ‘negative priming’ is in action (e.g., Kuzyakov et al., 2000), whereby at >50 years, soil
organic matter mineralisation of the kerogen carbon is reduced due to the addition of a new
substrate, vascular plants (Hodkinson et al., 2003). This coincides with the divergence of
microbes to the more easily available substrate, as evidenced by a community switch from
chemolithoautotrophs, and a low abundance of heterotrophs at young ages, to a population
where 68% of the microbial community is soil heterotrophs at >50 year-old soil (Bradley et al

2016).

The relative proportions of microbial biomass in TOC, ranges from 0.03 + 0.01 to 0.18 +
0.05%. This is roughly one order of magnitude lower than those found in the Damma glacier
forefield (0.33 to 1.85%; Bernasconi et al., 2011) or Morteratsch (3.7 to 6.3%) and
Riedgletscher forefields (3.9 to 6.7%; Conen et al., 2007), over a similar century long
deglaciation time scale. In terms of soil formation and ecosystem development, firstly, a low
prevailing microbial biomass would reduce the size of the liable organic pool. Secondly, this
would lead to a decrease in metabolic-enzymatic oxidation of resistant organic carbon
compounds 1i.e., plant-derived phenols, lignin that are observed to accumulate with age in
Midtre Lovénbreen (White et al., 2007) and nutrient cycling. Thirdly, it could retard the
formation of soil structures due to reduced soil enzymatic proteins and organic polymers that
help create soil aggregates and stabilize soil organic carbon (Tisdall and Oades, 1982;

Stockmann et al., 2013).

Table 5.2 Carbon budget results for each of major organic carbon proportion relative to the
total organic carbon pool; total microbial biomasses, autotrophic + heterotrophic (OCpicrobe),
kerogen (OCyerogen) and photosynthetic C3 plant origin (OCyjant)

Soilage  OCpicrobe/ TOC  OChicrobe/ TOC  OCpjant/ TOC  OCpian/ TOC  OCkerogen/ TOC

(years) (%) = (o) + (%0)
0 0.03 0.01 0.00 0.01 99.9

3 0.05 0.01 0.87 0.01 99.1

5 0.08 0.00 1.53 0.00 98.4
29 0.11 0.03 46.53 0.03 53.4
50 0.09 0.04 65.13 0.04 34.8
113 0.18 0.05 75.55 0.05 24.3

Note: £ = 1o of triplicate samples at a moraine age. No standard deviation is available for

kerogen.
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5.4.2.1. Evidence for organo-mineral complexes

Iron-bearing minerals are abundant in each of glacier forefield catchment lithological units.
This is evidenced by the fact all samples contained Fe-bearing sheet-silicates, magnetite and
unreactive iron as sulfides (Fig. 5.7; and Appendix B, Table 3). This is further validated, as the
soil parent materials contained a total Fe elemental concentration >2 wt% (Appendix B, Tables
12 & 14). Consequently, chemical weathering and transformation of these primary iron
containing mineral phases during pedogene