
Open Research Online
The Open University’s repository of research publications
and other research outputs

The spread of marine anoxia on the northern Tethys
margin during the Paleocene-Eocene Thermal
Maximum
Journal Item
How to cite:

Dickson, Alexander J.; Rees-Owen, Rhian L.; März, Christian; Coe, Angela L.; Cohen, Anthony S.; Pancost,
Richard D.; Taylor, Kyle and Shcherbinia, Ekaterina (2014). The spread of marine anoxia on the northern Tethys
margin during the Paleocene-Eocene Thermal Maximum. Paleoceanography, 29(6) pp. 471–488.

For guidance on citations see FAQs.

c© 2014 American Geophysical Union

Version: Version of Record

Link(s) to article on publisher’s website:
http://dx.doi.org/doi:10.1002/2014PA002629

Copyright and Moral Rights for the articles on this site are retained by the individual authors and/or other copyright
owners. For more information on Open Research Online’s data policy on reuse of materials please consult the policies
page.

oro.open.ac.uk

http://oro.open.ac.uk/help/helpfaq.html
http://dx.doi.org/doi:10.1002/2014PA002629
http://oro.open.ac.uk/policies.html


The spread of marine anoxia on the northern
Tethys margin during the Paleocene-Eocene
Thermal Maximum
Alexander J. Dickson1,2, Rhian L. Rees-Owen3,4, Christian März5, Angela L. Coe1, Anthony S. Cohen1,
Richard D. Pancost3, Kyle Taylor3, and Ekaterina Shcherbinina6

1Department of Environment, Earth and Ecosystems, Centre for Earth, Planetary, Space and Astronomical Research,
Open University, Milton Keynes, UK, 2Department of Earth Sciences, University of Oxford, Oxford, UK, 3Organic
Geochemistry Unit, The Cabot Institute, School of Chemistry, University of Bristol, Bristol, UK, 4Now at School of Earth and
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Abstract Records of the paleoenvironmental changes that occurred during the Paleocene-Eocene Thermal
Maximum (PETM) are preserved in sedimentary rocks along the margins of the former Tethys Ocean and
Peri-Tethys. This paper presents new geochemical data that constrain paleoproductivity, sediment delivery,
and seawater redox conditions, from three sites that were located in the Peri-Tethys region. Trace and major
element, iron speciation, and biomarker data indicate that water column anoxia was established during
episodes when inputs of land-derived higher plant organic carbon and highly weathered detrital clays and
silts became relatively higher. Anoxic conditions are likely to have been initially caused by two primary
processes: (i) oxygen consumption by high rates of marine productivity, initially stimulated by the rapid
delivery of terrestrially derived organic matter and nutrients, and (ii) phosphorus regeneration from seafloor
sediments. The role of the latter process requires further investigation before its influence on the spread
of deoxygenated seawater during the PETM can be properly discerned. Other oxygen-forcing processes, such
as temperature/salinity-driven water column stratification and/or methane oxidation, are considered to
have been relatively less important in the study region. Organic carbon enrichments occur only during the
initial stages of the PETM as defined by the negative carbon isotope excursions at each site. The lack of
observed terminal stage organic carbon enrichment does not support a link between PETM climate recovery
and the sequestration of excess atmospheric CO2 as organic carbon in this region; such a feedback may,
however, have been important in the early stages of the PETM.

1. Introduction

The rapid environmental and ecological changes that took place during the Paleocene-Eocene Thermal
Maximum (PETM, ~55.9Ma) [Westerhold et al., 2009; Charles et al., 2011] may hold clues as to how contemporary
environmental systems respond to rapid climate changes in the future [Zachos et al., 2008; McInerney and
Wing, 2011]. One question that can be addressed by studying the PETM is how marine ecosystems and
biogeochemical cycles respond to changes in dissolved oxygen concentrations [O2] in seawater. An increasing
number of observations indicate that [O2] decreased on a global scale during the PETM [Dickson et al., 2012]
and at individual locations in shallow marine (<1000 m) [e.g., Canudo et al., 1995; Speijer et al., 1997; Bolle et al.,
2000; Gavrilov et al., 2003; Sluijs et al., 2006, 2013; Soliman, 2003, Soliman et al., 2011; Lippert and Zachos, 2007;
Nicolo et al., 2008; Schulte et al., 2011; Khozyem et al., 2013] and at deep marine (>1000 m) [e.g., Bralower et al.,
1997; Thomas, 1998; Kaiho et al., 2006; Colisimo et al., 2006; Chun et al., 2010] locations. Dissolved [O2] reflects the
balance between the remineralization of sinking organic matter and oxygen ventilation by ocean currents, with
preformed [O2] set by seawater temperature at the air-sea boundary [e.g., Keeling et al., 2010]. In addition,
seawater [O2] during the PETM may also have been affected by the oxidation of methane released from
seafloor sediments at the onset of the event [e.g., Dickens et al., 1995, Dickens, 2011] and possibly throughout
the event [Zeebe, 2013]. Thus, observations of lowered [O2] during the PETM reflect a number of important
environmental processes (seawater temperature, ocean circulation, stratification, nutrient cycling, productivity,
and methane oxidation); these processes are particularly difficult to disentangle and are likely to have had
differing expressions in different oceanographic regions.
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Lowered [O2] often occurs with the
enhanced burial of organic carbon (Corg)
in seafloor sediments. The widespread
observation that Corg is enriched in
marine sediments during brief intervals
of the Phanerozoic has led to the idea of
“Oceanic Anoxic Events (OAEs),” where
low [O2] conditions favorable to Corg
preservation expanded dramatically in
many oceanographic regions [Jenkyns,
2003, 2010]. The PETM has been
comparedwithOAEs on several occasions
[e.g., Cohen et al., 2007; Jenkyns, 2010],
but the magnitude and extent of
seawater deoxygenation during the
PETM in relation to the earlier events of
the Cretaceous and Jurassic is uncertain.
Furthermore, it is not clear whether the
processes that lowered [O2] during OAEs
were also important for the PETM, when
paleogeography, atmospheric pCO2, and
ocean circulation configurations were
different [Jenkyns, 2010]. The margins of

the former Tethys Ocean and northern Peri-Tethys are one of the few regions where Corg-enriched sediments
accumulated during the PETM in black shale or sapropel horizons analogous to many OAE deposits [e.g.,
Gavrilov et al., 1997, 2003; Bolle and Adatte, 2001; Speijer and Wagner, 2002; Dupuis et al., 2003].

Extensive efforts have been made to understand the origin and nature of the Tethyan Corg-enriched deposits,
and in particular, the unique paleoceanographic conditions that led to their preservation in the geological record.
Much of this effort has been directed at locations found on the southern Tethyan margin in present-day North
Africa and the Middle East (Figure 1), which form a depth transect extending from upper neritic (<50 m) to lower
bathyal (>600m) water depths [e.g., Schmitz et al., 1996, 1997; Speijer et al., 1997; Speijer and Schmitz, 1998; Speijer
and Morsi, 2002; Speijer andWagner, 2002; Dupuis et al., 2003; Knox et al., 2003; Soliman, 2003, Soliman et al., 2011].
At these southern locations, studies have suggested that the Corg-rich PETM deposits formed due to a
combination of low-[O2] waters that upwelled along the continental margin, and high rates of marine
productivity stimulated by nutrients recycled from deeper water masses and also delivered by high rates of
continental erosion and weathering [Schmitz et al., 1997; Charisi and Schmitz, 1998; Speijer and Schmitz, 1998;
Huber and Sloan, 2001; Soliman et al., 2011; Schulte et al., 2011; Stassen et al., 2012; Khozyem et al., 2013].

Corg-rich deposits on the northern Peri-Tethys margin have been the subject of relatively few publications
aimed at investigating the severity of marine deoxygenation during the PETM and about the environmental
processes that drove deoxygenation. The climatic response of the Eurasian landmass to PETM environmental
change, which may have had an impact on regional deoxygenation, is also poorly known due to a lack of
published early Eocene records from central Asia [for example, Bolle and Adatte, 2001]. The correlation of
Corg-rich deposits to global paleoclimate change is also poorly defined in this region, due to the lack of
high-resolution carbon isotope records across the PETM interval. Some low-resolution data sets, however,
have been produced from shallow-marine exposures in Kazakhstan, Uzbekistan, and southern Russia [Kodina
et al., 1995; Gavrilov et al., 1997; Bolle et al., 2000].

Improving the spatial coverage and temporal resolution of environmental proxy data for the PETM from the
northern Peri-Tethys region is important, not least because it has been suggested that this region may have
acted as a source of low-[O2] deepwater that subsequently upwelled onto the southern Tethys margin
[Speijer and Wagner, 2002], or circulated through the Indian and North Atlantic Oceans [e.g., Pak and Miller,
1992; O’Connell et al., 1996; Thomas, 1998; Huber and Sloan, 2001]. An improved record of paleoclimatic and
paleoceanographic changes in the northern Peri-Tethys is also important because the enhanced burial of
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Figure 1. Map of the study locations. KR: Kheu River, DZ: Dzhengutay,
GF: Guru-Fatima. Based on paleogeographic reconstructions from
www.scotese.com.
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Corg in this region has been postulated to act alongside enhanced C burial on other continental margins [e.g.,
Speijer and Wagner, 2002; John et al., 2008] to remove excess CO2 from the atmosphere [Gavrilov et al., 1997,
2003], ultimately leading to the termination of the PETM.

In this study, multiple geochemical data sets have been produced for three different sites (Guru-Fatima,
Kheu River, and Dzhengutay) in the northern Peri-Tethys in order to reconstruct changes in (i) seafloor and
water column redox, (ii) marine productivity, and (iii) the delivery of organic and siliciclastic sediments to
the study sites from nearby landmasses during the PETM. The results provide insights into the mechanisms
that drove regional deoxygenation in the northern Peri-Tethys and new information about the climatic
response of nearby landmasses to rapid global climate change.

2. Proxy Approaches
2.1. Redox Proxies

Sedimentary abundances of molybdenum (Mo), rhenium (Re), and manganese (Mn) are strongly redox
dependent, and thus reflect [O2] in seawater at the sediment-water interface and in sediment pore waters
[Emerson and Huested, 1991; Crusius et al., 1996;Morford and Emerson, 1999; Tribovillard et al., 2006]. Manganese
exists primarily as Mn(III) and Mn(IV) in oxygenated seawater, within which it forms insolubleMn-oxyhydroxides.
As pore water [O2] decline, Mn is reduced to soluble Mn(II) that can migrate within the sediment column and
reprecipitate as Mn-oxyhydroxides once oxic conditions are reached again [Tribovillard et al., 2006]. Thus,
Mn is typically enriched above average shale values in oxygenated sediments located above anoxic to
suboxic pore waters or in landlocked anoxic basins where Mn(II) becomes enriched in bottom waters until it
reaches Mn(II)-carbonate saturation [e.g., Pruysers et al., 1993; Higgs et al., 1994;Mangini et al., 2001; Brumsack,
2006]. Re exists as ReO4

� in oxic seawater [Crusius et al., 1996]. Under suboxic to anoxic conditions, Re
abundances in sediments are typically enriched above average crustal values in sediments [e.g., Crusius et al.,
1999;Morford and Emerson, 1999; Calvert and Pederson, 2007], although the process of removal, whether due
to conversion to an insoluble sulfide species or due to coprecipitation with Fe-S-Mo colloidal phases [Helz
et al., 2011], is not well understood. Mo typically exists as MoO4

� in oxygenated seawater and pore waters. At
high concentrations of dissolved sulfide, Mo is converted to a tetrathiomolybdate species, MoS4

2�, via a
series of intermediate Mo species [Eriksson and Helz, 2000; Tossell, 2005]. As a particle-reactive sulfide species,
Mo is rapidly removed from seawater into marine sediments where it can become greatly enriched above
typical crustal abundances of ~1 ppm [Emerson and Huested, 1991; Crusius et al., 1996; Rudnick and Gao, 2003].
It has been argued that sedimentary enrichments of [Mo] >30 ppm indicate euxinic conditions, while
enrichments >1–30 ppm indicate anoxic, noneuxinic conditions, or a decreased Mo concentrations in the
global seawater Mo reservoir [Scott and Lyons, 2012].

The proportion of Fe contained within reactive and nonreactive minerals can be used to estimate paleoredox
conditions frommarine sediments [Poulton and Canfield, 2005]. The proportion of highly reactive Fe minerals
(FeHR) among the total Fe pool (FeT) does not exceed ~0.38 in most oxic environments [Raiswell and Canfield,
1998], while anoxic settings typically display values >0.38 due to the input of Fe released from oxygen-
depleted shelf sediments (iron shuttle) [Wijsman et al., 2001]. FeHR/FeT ratios from 0.22 to 0.38 are somewhat
inconclusive and are termed “possibly anoxic” by Poulton and Canfield [2011]. Furthermore, the proportion
of pyrite (FePY) to FeHR in marine sediments deposited in euxinic settings is typically >0.8 [Anderson and
Raiswell, 2004], therefore allowing a distinction between Fe-limited (euxinic) and sulfide-limited (ferruginous)
anoxic environments based on the amount of reactive Fe that was transformed to pyrite by H2S [Poulton and
Canfield, 2011]. Again, there is a range of uncertainty in FePY/FeHR ratios, with values between 0.7 and 0.8
being termed “possibly euxinic” [Poulton and Canfield, 2011].

The [lycopane + n-C35]/n-C31 index has been proposed as a paleoredox indicator [Sinninghe Damste et al.,
2003]. Although the source organism for lycopane in marine sediments is unknown, it may derive from either
methanogenic archaea [e.g., Brassell et al., 1981] ormarine phytoplankton [Wakeham et al., 1993; Sinninghe Damste
et al., 2003]. Observations of a change in the relative abundance of lycopane and the coeluting C35 n-alkane
versus the C31 n-alkane in core-top sediments spanning the Arabian and Peruvian upwelling zones [Schulte
et al., 1999] led Sinninghe Damste et al. [2003] to suggest that the origin of these changes was the greater
susceptibility of the precursor lycopene to degradation under oxic conditions compared to n-alkanes.
Subsequently, lycopane has been used to infer past changes in water column oxygenation in a range of
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depositional environments [e.g., Weller and Stein, 2008; van Bentum et al., 2012], although absolute values
of the (lycopane + n-C35)/n-C31 index are difficult to interpret due to variations in n-alkane dilution and
lycopane production [Sinninghe Damste et al., 2003].

Phosphorus (P) is released in preference to carbon during the bacterial remineralization of buried organic
matter. In oxygenated pore waters, P can be efficiently trapped by sorption to oxyhydroxide minerals and
organic complexes [Davelaar, 1993; Sannigrahi and Ingall, 2005]. In contrast, the instability of oxyhydroxides
under low-[O2] conditions enhances the flux of reactive P into the overlying water column, while at the
same time Corg is preferentially preserved, leading to an overall increase in the sedimentary Corg/P ratio
[Van Cappellen and Ingall, 1994; Algeo and Ingall, 2007]. This process can lead to a positive feedback of
phosphorous regeneration, enhanced primary productivity, reduced [O2], and further P regeneration
during periods of expanded seafloor anoxia [e.g., Slomp et al., 2002; Mort et al., 2007; Slomp and Van Cappellen,
2007; März et al., 2008].

2.2. Productivity Proxies

The concentration of low molecular weight (LMW, n-C17 + n-C19) n-alkanes, pristane, and phytane have been
used to place additional constraints on changes in surface ocean productivity across the PETM at Kheu River.
N-alkanes from algal sources are typically LMW (n-C15–21) odd-numbered homologues [Lytle et al., 1979;
Colombo et al., 1989; Rieley et al., 1991]. The distribution of algal derived n-alkanes in particular is characterized
by a high relative abundance of C17 [Blumer et al., 1971; Giger et al., 1980]. Pristane and phytane are thought
to originate from the phytyl side chain of chlorophyll a, present in almost all photosynthetic organisms
including higher plants, algae, and cyanobacteria [Rowland, 1990].

2.3. Continental Weathering and Erosion Proxies

Titanium (Ti) is hosted mainly by high-density Ti-bearing minerals in marine sediments, and tends to
concentrate within coarser-grained silt and sand fractions [Calvert and Pederson, 2007]. Normalization of Ti to
total aluminosilicates can therefore be used as a grain-size proxy because aluminosilicates typically occupy
finer-grained clay and silt particle sizes. Aluminum (Al) has been chosen as a proxy for the aluminosilicate
fraction because its concentration does not vary greatly between rock types and because it is not strongly
affected by biogeochemical processes in the oceans [Calvert and Pederson, 2007]. Additionally, Ti/Al ratios
in marine sediments can be affected by the changes in source region or in the primary composition of
sediments from a single source under extreme weathering conditions that can preferentially remove Al from
the host rock [Young and Nesbitt, 1998]. To help disentangle these effects, compositional changes of
terrestrially derived sediments can also be estimated using the Chemical Index of Alteration (CIA) [Nesbitt and
Young, 1998]. The CIA is founded on the observation that highly weathered rocks become depleted in the
more labile major elements (Ca, K, and Na) during the leaching and alteration of feldspars, leaving a higher
relative proportion of less mobile Al. Following a correction for Ca in carbonates, CIA is expressed as

CIA ¼ Al2O3= Al2O3 þ CaOþ K2Oþ Na2Oð Þð Þ�100

In addition, the flux of terrestrially derived higher plant biomarkers can bemonitored using long-chain n-alkane
distributions, and with indices describing the relative abundance of higher plant-derived biomarkers and
algal biomarkers. The abundance of terrestrial versus marine-derived organic carbon can be expressed using
the odd-over-even preference (OEP) [Scalan and Smith, 1970] and carbon-preference (CPI) [Bray and Evans, 1961]
indices (Figure 4).

3. Methods
3.1. Sampling and Stratigraphy

Three sections (Guru-Fatima, Kheu River, and Dzhengutay) spanning the PETM along the former northern
Tethys margin were sampled. The stratigraphies of these sites have been described by Gavrilov et al. [1997,
2000, 2003, 2009] and are briefly summarized below and in Figures 2–4.

The Guru-Fatima sedimentary deposits (Figure 2) are composed of grey calcareous marls, overlain by a
siltstone with 2.5�20% Corg, which grades upward into a grey-brown Corg lean marlstone. Evidence for
bioturbation is absent during the most Corg-enriched marlstone (sapropel), within which horizontal
lamination is well developed. At the very top and bottom of the Corg-enriched marlstone there is limited
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evidence of millimeter-sized chondrites burrows. Nannofossil biostratigraphy indicates that the NP 9/10
boundary, marked by the first occurrence of Rhomboaster spp., is located near the base of the sapropel unit
[Gavrilov et al., 2003]. A δ13Corg excursion of�4‰ begins at the base of the sapropel and extends ~1m above
the most Corg-enriched unit (Figure 2).

The Kheu River section (Figure 3) is located in the central Northern Caucasus and lies within the Paleogene
Nalchik Formation [Gavrilov and Muzylöv, 1992; Gavrilov et al., 2000]. The base of the PETM section is
composed of greenish-grey calcareous silty claystones, which are overlain by thin grey (~10 cm) organic-
lean claystones. Overlying the claystones is ~75 cm of brownish-black silty claystone (sapropel bed),
containing varying enrichments of organic carbon (1.5–9% Corg). The level of bioturbation varies through
the sapropel bed. Millimeter-scale laminations are observed in the basal ~10 cm of the sapropel but are
absent further upsection, with evidence for localized chondrites burrows in some intervals. The sapropel
bed is overlain by greenish-grey organic-lean shaley siltstones that grade upward into siliciclastic
mudstones. Nannofossil biostratigraphy indicates that the sapropel interval falls within NP 9–10, with
the NP 9/10 boundary located near the base of the sapropel bed [Gavrilov et al., 2003]. The first occurrence
of the dinocyst Apectodinium augustum is at the base of the sapropel bed (Figures 2–4). The Kheu River
δ13Corg data exhibit a �4.5‰ excursion, beginning at the base of the sapropel and extending ~1.5 m
into the overlying siltstones (Figure 3). A>�2‰ excursion in bulk carbonate characterizes the same
stratigraphic interval [Gavrilov et al., 2003].

The Dzhengutay section is composed of calcareous mudstones with varying contents of Corg (0.1�4%).
Nannofossil assemblages indicate that the NP 9/10 boundary falls in the lower part of the sapropel bed
[Gavrilov et al., 2009]. The δ13Corg record from this site exhibits a �4‰ excursion (Figure 4). As at Kheu River,
the δ13Corg excursion cooccurs with an ~�1.5‰ δ13C excursion in bulk carbonates over the same interval
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[Gavrilov et al., 2009]. Evidence for bioturbation is absent in the most Corg-enriched interval (Figure 4), but
large (several mm diameter) burrows are visible up to 30 cm below the onset of the δ13Corg excursion.

The presence of Midway-type benthic foraminifera species such as Bulimina midwayensis and Anomalinoides
spp., indicates a neritic paleodepth for the three sites [Stupin and Muzylöv, 2001; Radionova et al., 2009].
However, elements of Velasco-type fauna such as Nuttallides truempyimight also be consistent with a slightly
deeper bathyal setting (<1000 m).

Samples from Kheu River and Dzhengutay were obtained from exposures in shallow river cuttings in 2011.
The~75 cm thick Kheu River sapropel bed was sampled in the field as a single block and then subsampled
further in the laboratory. Samples for Guru-Fatima were taken from an archived drill core at the Geological
Institute of the Russian Academy of Science.

3.2. Major and Trace Elements

The abundances of major element oxides were determined by fusing aliquots of ground sample powders to
glass discs with Johnson Matthey Spectroflux® 100A. Analyses were conducted using an ARL 8420+ dual
goniometer wavelength dispersive X-ray fluorescence (XRF) spectrometer. Accuracy and precision were
monitored with standard reference materials and were both better than ±1%. Abundances of rhenium (Re)
and molybdenum [Mo] were determined by isotope dilution. An aliquot of 185Re-enriched and 97Mo and
100Mo-enriched isotope spike was added to 10–100 mg weighed sample powders, which were subsequently
digested with a 3:1 mixture of nitric: hydrochloric acid. Re was purified using the liquid-liquid separation
technique of Birck et al. [1997], and Mo was separated from matrix interferences using the anion column
chromatography method of Pearce et al. [2009]. Mo and Re were measured using a Thermo-Finnegan
Neptune at the Open University. Instrumental mass fractionation for Mo was corrected offline using the 97Mo
and 100Mo double spike, and Mo abundances were calculated from the 100Mo/95Mo ratio. Instrumental mass
fractionation of Re was corrected by doping each sample solution prior to analysis with an Ir inductively
coupled plasma standard solution and normalizing to a 193Ir/191Ir ratio of 1.68299. The external reproducibilities
of Re and Mo abundance determinations were monitored using in-house and certified shale (SDO-1) standards
and were both better than ±3% (2 standard deviation (SD)).

3.3. Organic Geochemistry

Total carbon (TC) concentrations were determined from 200 mg aliquots of sample powder using a LECO
CNS-2000 elemental analyzer at The Open University. Total inorganic carbon (TIC) percentages were

Figure 3. Stratigraphic and geochemical data for Kheu River. A. aug: lowest occurrence of Apectodinium augustum. OEP index calculated as (C27+ 6*C29+C31)/
(4*C28+4*C30) [Scalan and Smith, 1970]. CPI calculated as (2*(C25+C27+C29+C31))/(C24+2*(C26+C28+C30)+C32) [Bray and Evans, 1961]. Pr: pristane; Py: phytane.
Fe-speciation data labels are the same as for Guru-Fatima.
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determined from a second 500 mg aliquot of sample powder after furnacing for at least 8 h at 450°C. Total
organic carbon percentages were calculated by subtracting TIC from TC. For δ13Corg analysis, ground bulk
sample powders were decarbonated in sterile glass centrifuge tubes with 0.5N HCl, rinsed in ultrapure water,
and oven dried. Decarbonated powders were weighed into tin capsules and analyzed by elemental analysis-
isotope ratio mass spectrometry using a Thermo-Finnegan MAT 253. All values are quoted relative to Vienna
PeeDee Belemnite. Reproducibility was monitored with repeated analyses of the IAEA CH-6 sucrose standard
and was better than ±0.1‰ (1 SD).

Biomarkers were extracted ultrasonically from sample powders using dichloromethane (15 mL × 2),
dichloromethane:methanol (15mL× 2) andmethanol (15mL× 2), combined as the total lipid extract (TLE). Prior
to fractionation, sulfur was removed from theTLE using activated copper turnings. The TLEswere separated into
two fractions on a silica (40–60 μm, activated; 110°C) column by elution with saturated ammonia in chloroform
(7 mL; neutral fraction) and chloroform:acetic acid (100:1; 7 mL; acid fraction). The neutral fraction was further
separated on an alumina (Al2O3) column by elution with n-hexane:dichloromethane (9:1; 5 mL; apolar fraction)
and dichloromethane:methanol (1:2; 4 mL; polar fraction). Fatty acid fractions were derivatized with
boron trifluoride/methanol (14%w/v; 100 μL; 60°C for 30 min). Prior to analysis, fatty acid and polar fractions
were derivatized with N,O-bis[trimethylsilyl]trifluoroacetamide and pyridine (1:1; 60 μL; 70°C for 60 min).

Biomarkers from the apolar fraction were quantified using gas chromatography-mass spectrometry (GC-MS)
performed on a Thermoquest Finnigan Trace GC interfaced with a Thermoquest Finnigan Trace MS operating
with an electron ionization source at 70 eV and scanning over m/z ranges of 50 to 850 Daltons. The GC
was fitted with a Zebron™ fused silica capillary column (50 m × 0.32 mm ID) coated with a ZB1 stationary
phase (100% dimethylpolysiloxane equivalent, 0.12 μm film thickness). The interface was set to 300°C and the
ion source at 200°C. Compounds were eluted using He carrier gas. Samples were dissolved in ethyl acetate
(10 μL) and injected on column (1 μL) at 70°C. The temperature was increased to 130°C (20°C min�1), then
to 300°C (4°C min�1), and held at 300°C for 20 min. Concentrations of biomarkers were calculated from
characteristic mass chromatograms and related via a response factor correction to a known amount of internal
standard (5α-androstane) quantified on the total ion chromatogram.

3.4. Fe Speciation

A sequential Fe extraction scheme [Poulton and Canfield, 2005] was applied to ground sample powders from
Kheu River and Guru-Fatima. Briefly, the sequential extraction yields Fe fractions from ~100 mg of sediment
extracted with various media, resulting in a differentiation between carbonate-Fe [e.g., siderite; Na-acetate
solution], [oxyhydr]oxide-Fe (e.g., hematite, goethite; dithionite solution), and magnetite-Fe [oxalate solution].
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Iron in the extraction solutions was determined by atomic absorption spectroscopy (Varian 400). The pyrite
extraction (~300–700 mg sediment) is based on the quantitative oxidation of pyrite by Cr[III]Cl in a boiling 50%
(v/v) HCl solution, the subsequent release of H2S, its precipitation in a AgNO3 trap, and the quantification of the
precipitated AgS. The stoichiometrically calculated FeS2 fraction is also termed chromium-reducible sulfur or
FePY. Notably, the acid-volatile sulfide fraction (consisting of Fe sulfides such as greigite and pyrrothite) is
negligible in these samples, and pyrite is the only significant Fe sulfide mineral. The sum of all extracted Fe
fractions is termed highly reactive Fe (FeHR), based on the reactivity of these minerals fractions or their
precursors with H2S. The nonextracted Fe, calculated as the difference between total Fe (FeT, determined by
XRF) and FeHR, is bound to silicate minerals (e.g., clay minerals, feldspars, pyroxenes, and amphiboles) and is
unreactive to H2S [Poulton and Canfield, 2005].

4. Results
4.1. Redox Proxies
4.1.1. Trace and Major Element Enrichments
At all three locations, [Mo] and [Re] become most enriched within the sapropel bed. At Guru-Fatima (Figure 2),
[Mo] ranges from 5 to 33 ppmbelow the sapropel bed and increases to between 126 and>1110 ppmat the same
depth as the shift toward more negative δ13Corg. Above the sapropel, [Mo] decreases to<1 ppm by +2.55 m. [Re]
is elevated above crustal abundances throughout the section and follows the same stratigraphic trend as [Mo],
increasing from>10 ppb to>1000 ppb at the base of the sapropel bed, before rapidly declining to<18 ppb by
+2.55mupsection. At Kheu River (Figure 3), [Mo] is<1 ppmbelow and above the sapropel bed. In the lowest 6 cm
of the sapropel, [Mo] increases abruptly to >100 ppm, before decreasing again to between 2 and 12 ppm
between 6 and 73 cm depth. [Re] exhibits a near-identical trend, with abundances<0.5 ppb below and above the
sapropel and up to ~900 ppb within the basal 6 cm of the sapropel. [Mo] abundances are much lower at
Dzhengutay (Figure 4) than at the other two locations, only reaching ~2�4 ppm in the lowest 50 cm of the
sapropel bed. [Re] abundances are <5 ppb below and above the sapropel and increase to ≤98 ppb within it.

At Guru-Fatima, Mn/Al is uniformly depleted to average crustal values across the entire section. At Kheu River,
Mn/Al decreases progressively upsection from ~0.03 at�2.10m depth. At the top of the sapropel layer, Mn/Al
abruptly rises to ~0.05, at the same stratigraphic level that [Mo] and [Re] rapidly decrease. Mn/Al then falls
to average crustal values of ~0.002–0.003 above 208 cm depth, at the same level that δ13Corg returns to
preexcursion values. Mn/Al variations at Dzhengutay exhibit a similar stratigraphic trend to Kheu River but
with less enrichment of Mn immediately above the sapropel.
4.1.2. Fe Speciation
At Guru-Fatima, FeHR/FeT is >0.38 within the lower 0.5 m of the sapropel. Samples in the lower 0.5 m of the
sapropel also display highest Fe/Al ratios, supporting excess Fe input under anoxic conditions (Figure 3). In
the upper part of the sapropel, and in overlying sediments, FeHR/FeT is <0.33. Clear evidence for euxinic
conditions occurs at +0.3 m, where FePY/FeHR is>0.8 (Figure 3). FePY/FeHR for samples in three other intervals,
at ~0 m, ~ + 0.5 m, and~+1 m, are >0.7 but <0.8, and thus, the presence of euxinic conditions is more
equivocal at these stratigraphic levels. At Kheu River, FeHR/FeT is always<0.1 in deposits above and below the
sapropel bed. However, within the sapropel, FeHR/FeT increases above 0.38 in three intervals: between +0 and
0.06 m, at +0.23 m, and from +0.37 to 0.41 m. FePY/FeHR suggests the possible presence of euxinic conditions
throughout the sapropel bed (0.7–0.8), whereas values >0.8 are only reached at the base of the sapropel
between +0.02 and 0.04 cm.
4.1.3. Lycopane Index [[Lycopane+ n-C35]/n-C31]
The (lycopane+n-C35)/n-C31 index varies at Kheu River between 0.13 and 0.45 below and above the sapropel
unit (Figure 3). Values are generally higher (>0.5) within the sapropel, with highest values of ~2 in the lowest
6 cm and a second interval of high values >1 occurring between 25 and 50 cm. Values are, however, highly
variable, occasionally becoming <0.2.
4.1.4. Corg/P Ratios
Corg/P ratios at Guru-Fatima, Kheu River, and Dzhengutay (Figures 2–4) are lower above and below the
sapropel bed than within it. Minimum values at Kheu River and Dzhengutay (~2) are similar, but maximum
values within the sapropel at Kheu (~160) are higher than at Dzhengutay (~100). Values are highest overall at
Guru-Fatima, reaching a maximum of ~300 at +0.3 m (Figure 3). Where high-resolution data are available
from within the sapropel bed at Kheu River, Corg/P ratios fluctuate between ~40 and 160.
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4.2. Paleoproductivity

A first-order indication of carbon export (paleoproductivity) from the surface ocean is given by Corg abundance,
which increases markedly during the early part of the PETM at the three study sites. At Guru-Fatima, there is
a marked increase in Corg from<0.5% to ~20%, at Kheu River Corg varies from ~0.1 to~ 9%, and at Dzhengutay
Corg varies from <0.1 to ~ 3.5%.

The abundances of C17+C19 n-alkanes and pristane+phytane can also be used as proxies for total algal inputs
to bulk sediment and to indicate the contribution of algal sources to organic detritus. These data are shown
for Kheu River in Figure 3. Both sets of biomarker proxies follow near-identical stratigraphic trends that are
extremely similar to the bulk Corg enrichments when normalized to bulk sediment. Abundances are extremely
low (<0.007 μg/g) below the PETM and increase significantly in two intervals (0.00–0.06 m and 0.40–0.50 m)
to >0.011 μg/g for pristane + phytane and to >0.012 μg/g for C17 + C19. When normalized to %Corg, both
pristane +phytane and C17 + C19 reach short-termmaxima in abundance between 0.00 and 0.06 m, at 0.24 m,
and 0.42 m. These increases record times when the algal contribution to total organic carbon increased.

4.3. Terrestrially Derived Sediment Fluxes
4.3.1. Element Ratios
At Guru-Fatima, Ti/Al decreases from ~0.045 to ~0.040 at the onset of the PETM, before rising progressively
upsection to a maximum of ~0.06 above 3.45 m. At Kheu River, Ti/Al decreases upsection from values of 0.051
to 0.044 at the base of the sapropel. Minimum values occur at the top of the sapropel bed, before gradually
increasing upsection. At Dzhengutay Ti/Al decreases from 0.046 to 0.043 at the onset of the PETM and
subsequently increases toward the top of the section. Minimum values of Ti/Al are lower at Dzhengutay and
Guru-Fatima than at Kheu River.

CIA values at Dzhengutay and Guru-Fatima are uniformly high (70–80), apart from a single value at Dzhengutay
of ~50. The trend in CIA at Kheu River is much more variable. Generally, CIA reflects the overall trend in Ti/Al,
from ~30 at the base to ~70 at the top of the section. This upward trend is interrupted across the sapropel
by a decline from CIA of ~60 to ~40 (Figure 3). Within the sapropel, CIA increases in short stratigraphic
intervals to values of 80–95.
4.3.2. Biomarkers
At Kheu River, OEP and CPI values all increase during the PETM compared to the pre-PETM and post-PETM
intervals, indicating a greater input of terrestrial carbon fluxes relative to other sources, including marine
algae. The indices are highly variable during the PETM, however, fluctuating between ~0.8 and ~3.2.

5. Discussion
5.1. Influence of Outcrop Weathering on Data Integrity

A key consideration of the present study is whether postdepositional diagenesis and weathering has altered
the primary geochemical signals, since these processes may have a measurable effect on the abundance of
some trace elements and organic carbon in outcrop sections [e.g., Peucker-Ehrenbrink and Hannigan, 2000;
Tribovillard et al., 2006; Georgiev et al., 2012]. In the southern Tethyan PETM exposures in Egypt, there is evidence
for postdepositional oxidation of pyrite to Fe oxides such as hematite and goethite [Aubry et al., 2007], while Re-
Os data from the Paleocene/Eocene Global Standard Stratotype Section and Point at Dababiya Quarry indicate
postdepositional remobilization of platinum group elements [Schmitz et al., 2004]. Postdepositional weathering
is not considered to compromise the geochemical data presented here because (i) samples were obtained from
outcrop sections that were cut back significantly to obtain fresh sample material; (ii) Re-Os evolution plots from
all three sections [A. Dickson et al., unpublished data, 2014] indicate very little scatter around identical 55.9 Ma
isochrons, indicating minimal remobilization of Re, Os, and potentially other redox sensitive elements; and (iii)
Fe speciation might be compromised by weathering, even if total Fe is not affected, due to the conversion of
pyrite to Fe oxides (e.g., goethite) and sulfates (e.g., gypsum) in weathered sedimentary deposits. However, no
minerals such as gypsum are observed in these deposits, and reactive Fe species follow similar trends at both
sites, thus supporting their interpretation as primary depositional signals.

5.2. Redox Variations in the Northern Tethys Ocean

The multiproxy redox data presented in Figure 2 demonstrate that there were pronounced geographic
differences in the magnitude of redox change across the early part of the PETM at the three study sites.
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At Guru-Fatima, Mn/Al ratios are not elevated above average crustal values in the study interval. Since MnO2

begins to dissolve and act as an electron acceptor below dissolved oxygen concentrations of ~50 μmol/L
[Piper and Calvert, 2009], the low Mn/Al ratios confirm that sediment pore waters were continually oxygen
depleted throughout the study interval. Furthermore, since dissolved Mn2+ would tend to accumulate at the
suboxic/oxic boundary either at the sediment-water interface, or within sediment pore waters [Pruysers
et al., 1993; Higgs et al., 1994; Mangini et al., 2001; Tribovillard et al., 2006], the lack of any significant Mn
enrichment at Guru-Fatima suggests that oxygen depletion also extended into bottom waters overlying the
sediment-water interface. This inference is consistent with FeHR/FeT values that, while not exceeding the
0.38 threshold for local anoxia [Poulton and Canfield, 2011], fall close to it throughout the study interval. It is
also consistent with measured Corg/P ratios that fall within the range of low [O2] open ocean shelf settings
at the present day [Algeo and Ingall, 2007] due to the diffusive loss of P out of the sediments. The new [Mo]
data show a similar stratigraphic pattern of enrichment to the lower resolution data of Gavrilov et al. [1997]
apart from showing an order of magnitude greater enrichment at the base of the sapropel bed. [Re]
abundances, measured for the first time from this section, are also significantly enriched above crustal
abundances, consistent with the local presence of an oxygen-depleted water mass [Crusius et al., 1996; Scott
and Lyons, 2012]. The transition to large [Mo] and [Re] enrichments, and FePY/FeHR values >0.8 at the base
of the sapropel bed at Guru-Fatima mark a change in bottom water redox toward local anoxia, with some
hydrogen sulfide extending into the water column [Emerson and Huested, 1991; Crusius et al., 1996; Poulton
and Canfield, 2011; Scott and Lyons, 2012]. The presence of euxinic conditions is supported by the presence
of isorenieratene-derived diaryl isoprenoids in the stratigraphically equivalent sapropel bed at the Kurpai
section, which is located close to Guru-Fatima [Kodina et al., 1995; Gavrilov et al., 1997].

In contrast to the stable deoxygenated bottomwaters at Guru-Fatima, the local redox state wasmore variable
through time at Dzhengutay and Kheu River. At these two locations, Mn/Al ratios are more variable and in
particular exhibit a pronounced level of enrichment above the sapropel bed. These geochemical patterns
are typical of Mediterranean sapropels, where they indicate the presence of a sharp redoxcline separating
low-[O2] sediment pore waters fromwell-oxygenated bottomwaters, with upwardmigration of theMn-enriched
layer as sedimentation progresses throughout deposition of the sapropel bed [e.g., Pruysers et al., 1993; Higgs
et al., 1994; Mangini et al., 2001]. Accordingly, [Mo] enrichments never exceed ~4 ppm at Dzhengutay or
~12 ppm at Kheu River [apart from in the lowermost 6 cm of the sapropel bed in the latter section]. This level
of enrichment is consistent with the fixation of Mo as MoSx in sulfidic pore waters, followed by dissolution
and readsorption to Mn- and Fe-oxyhydroxides during periods when the redoxcline fluctuated across the
sediment-water interface [Reitz et al., 2007; Lyons and Severmann, 2006]. Fluctuation of the chemocline is
also indicated by (i) variable, but overall higher lycopane indices within the sapropel bed, which indicates
the temporary extension of the chemocline into the overlying water column; (ii) fluctuations in FeHR/FeT
that correspond to variations in the lycopane index; and (iii) the cooccurrence of sedimentary laminations
and bioturbation within the sapropel bed (Figure 2). The overall picture for Kheu River is of an anoxic
setting with episodic bottom water ventilation that allowed [O2] to penetrate into sediment pore waters
and alter primary geochemical signatures.

A similar scenario has been interpreted from correlative Tethyan sections at shallow (Wadi Nukhl, Egypt) and
upper bathyal (Torangli, Turkmenistan) depths by Speijer et al. [1997]. At these locations, the depositional
sequence across the PETM sapropel bed is marked by the replacement of a diverse benthic community by
low-diversity opportunistic taxa that may have colonized the seafloor during very brief intervals when
low-[O2] conditions were ameliorated by bottom water reoxidation.

The Kheu River and Dzhengutay redox data sets exhibit many similarities, but there are also some key
differences. At Dzhengutay, Mn/Al ratios are close to average crustal values below the onset of the PETM,
while they are significantly elevated above average crustal values at Kheu River. Similarly, [Re] enrichments
below the PETM at Dzhengutay are also elevated, albeit by a small amount, while no such enrichment can
be seen at Kheu River. Together, these differences suggest that pore waters at Dzhengutay were also
intermittently suboxic before the deposition of the sapropel bed, similar to the more severe pre-PETM [O2]
depletion seen at Guru-Fatima further to the east.

Themultiproxy redox data presented in Figures 2–4 are consistent with the continual presence of [O2]-depleted
bottom waters at shallow depths in the northeastern Peri-Tethys during the latest Paleocene and early Eocene.
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These low-[O2] conditions extended westward, where they influenced the bottom water environment at
Dzhengutay but were less profoundly felt at Kheu River. At the onset of the PETM, low-[O2] conditions
intensified at all sites, driving bottom waters to anoxia at Kheu River. At the start of the recovery phase
toward the end of the PETM, marked by a return to preexcursion δ13Corg values at each site, severe marine
deoxygenation in the northern Peri-Tethys abruptly ended, with water masses near to Kheu River becoming
well oxygenated once again, and seawater in the eastern Peri-Tethys at Guru-Fatima becoming suboxic once
again (Figure 5). The exact point in the sections at which low-[O2] conditions abated is difficult to identify,
however, due to the possible impact of postdepositional oxidation into organic-rich near-surface sediments
[e.g., Pruysers et al., 1993; Higgs et al., 1994].

A similar pattern of deoxygenation has also been documented by Bolle et al. [2000] at the Aktumsuk and
Kautarkapy sections in Kazakhstan. These authors also found lycopane in the Aktumsuk sapropel bed, which
is stratigraphically equivalent to the sections studied here. Taken together, the evidence presented in this
study and by Bolle et al. [2000] suggests that a layer of [O2]-depleted water was present at shallow depths in
the eastern Peri-Tethys during the late Paleocene and intensified and spread westward in response to the
environmental changes that took place during the PETM.
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PETM onset: Oxygen minimum zone expands and becomes euxinic at neritic depths in the northern and eastern Peri-Tethys. Deoxygenation is driven by (i) 
reworking of terrestrial sedimentary deposits due to relative sea-level rise and/or regional changes in hydrological cycling, and (ii) by enhanced marine 
productivity from a larger nutrient pool, generated by increased terrestrial weathering and P regeneration. The chemocline is likely to have been fluctuated 
close to the seafloor near Kheu River.

PETM recovery: Oxygen minimum zone weakens as inputs of terrestrial organic carbon and nutrients decrease, with associated decreases in marine 
productivity and P regeneration. 
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Figure 5. Schematic representation of paleoceanographic changes in the northern Peri-Tethys (a) before, (b) during, and (c) after the PETM. Shaded areas indicate
areas of low-oxygen seawater. In Figure 5b, deoxygenated waters intensify in response to oxygen consumption during the remineralization of higher fluxes of
organic carbon (terrestrial and marine) near the seafloor. Redox indicators for Kheu River suggest that localized anoxia did not continually affect the seafloor but
probably fluctuated with occasional reoxidation events and migration of the redoxcline across the seawater-sediment interface.
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5.2.1. Mechanisms of Deoxygenation in the Northern Peri-Tethys
5.2.1.1. Influence of Marine Productivity on Redox
Organic carbon contents increase by 50-, 35-, and 15- fold over preexcursion contents at Kheu River,
Guru-Fatima, and Dzhengutay, respectively. Such large increases in Corg are unlikely to have occurred only due
to enhanced preservation of organic carbon, particularly since low-[O2] conditions at Guru-Fatima were stable
throughout sapropel deposition. Thus, in line with studies from other time intervals [e.g., Passier et al., 1999;
Kuypers et al., 2002] preservation alone cannot explain such elevated Corg abundances and enhanced primary
production must also be invoked. High marine organic carbon fluxes in response to increased productivity
are supported by the high abundances of Pr + Ph and C17+C19 n-alkanes at Kheu River, particularly in the
lowermost ~10 cm of the sapropel bed where independent redox indicators show that deoxygenation was
most pronounced. Elevated marine productivity will have had a strong influence on the consumption of
dissolved oxygen, as indicated by the correlation between highest fluxes of algal biomarkers and the
presence of anoxic/euxinic conditions in the sapropel bed at Kheu River.

There are several potential sources of nutrients into the northern Tethys Ocean that could have caused
higher rates of organic carbon production. The first of these is the weathering and/or erosion of continental
organic matter and lithogenic sediment and its transport and deposition along the continental shelf and
upper slope. The CPI and OEP indices at Kheu River both show an increase in the abundance of higher plant-
derived biomarkers recorded during deposition of the sapropel bed. This influx of higher plant organic
carbon can be correlated to pulses of highly weathered lithogenic material recorded by large increases in CIA
values and (at the base of the sapropel bed) by a spike in Ti/Al [e.g.,Young and Nesbitt, 1998]. Taken together,
these lines of evidence point toward the erosion of terrestrial organic carbon, possibly from weathered
soil profiles, followed by transport out onto the continental shelf and slope. The additional nutrient fluxes
could have stimulated primary productivity in the northern Tethys water column, further consuming available
oxygen and creating anoxic seafloor conditions.

The importance of continental erosion and weathering on the availability of nutrients is not a phenomenon
confined to the northern Peri-Tethys. There are numerous examples from locations such as New Zealand
[Crouch et al., 2003; Hollis et al., 2005; Nicolo et al., 2008], the New Jersey shelf [Gibbs et al., 2006; John et al.,
2008; Sluijs and Brinkhuis, 2009], the Arctic Ocean [Sluijs et al., 2006; Stein et al., 2006; Harding et al., 2011], the
southern Tethys Ocean [Speijer and Schmitz, 1998; Soliman et al., 2011; Schulte et al., 2011], and Tanzania
[Handley et al., 2012] where terrestrial sediment accumulation rates and nutrient availability increased during
the PETM. Enhanced rates of continental weathering are likely to have been a global feature of the PETM
[Ravizza et al., 2001]. Some studies have inferred geographical changes in the hydrological cycle during the
PETM [e.g., Pagani et al., 2006], whereas others have stressed the role of enhanced seasonality in moisture
delivery (i.e., more frequent, intense rainy seasons) in creating conditions favorable for rapidly eroding large
volumes of sediment onto continental margins [Schmitz and Pujalte, 2007; Handley et al., 2012]. Furthermore,
the delivery of terrestrially derived sediments and nutrients could have been controlled by a global transgressive
event at the start of the PETM [Sluijs et al., 2008] that also influenced the Tethys Ocean margin [Gavrilov et al.,
1997, 2003; Speijer andMorsi, 2002]. Sea level rise is likely to have been an important control on nutrient delivery
to the northern Peri-Tethys, since sea level rise would have flooded large areas of a broad continental shelf
[Gavrilov et al., 1997, 2003]. A similar sea level mechanism for remobilizing terrestrial nutrients during OAE-2
(Cenomanian-Turonian boundary event) has recently been proposed by Gavrilov et al. [2013].

A second possible source of nutrients into the study region during the PETM is from the recycling of P from
sediments during the breakdown of organic matter under low-[O2] bottom water conditions. In this scenario,
the development of bottomwater deoxygenation would increase the regeneration of organic P, which would
thus act as a positive feedback to sustain deoxygenated conditions by fueling further organic carbon
production [e.g., Algeo and Ingall, 2007; Mort et al., 2007]. The Corg/P molar ratio becomes higher during the
sapropel interval of all three sites studied here (Figures 2–4). Assuming a typical Redfield ratio for marine
phytoplankton of ~106, Corg/P ratios during the sapropel beds of>150 at Kheu River and>300 at Guru-Fatima
might indicate a preferential release of P under locally anoxic bottom waters. At Dzhengutay, Corg/P ratios only
reach ~100, suggesting that while P regeneration may have taken place, the primary control is likely to have
been better preservation of organic matter on the seafloor. A confounding factor on interpreting the Corg/P
ratios at the three Tethys sites is that organic matter from terrestrial plants and soils typically have higher Corg/P
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ratios than marine algae [Cleveland and Liptzin, 2007]. An increase in higher plant organic C fluxes, as indicated
by the CPI and OEP indexes at Kheu River, is therefore another means of raising Corg/P ratios within the sapropel
bed. Assuming an average Corg/P ratio for soil of ~190 [Cleveland and Liptzin, 2007] and no differential
preservation in different organic matter types, the high Corg/P ratios within the sapropel bed at Kheu River
could be explained by a ~55% contribution of land-derived organic matter, while those at Dzhengutay could be
explained by a ~5% contribution. The Corg/P ratio of ~300 at Guru-Fatima is difficult to explain even by a total
dominance of land-derived organic matter, and thus is the only site where P regeneration can be reliably
assumed. In summary, P regeneration is likely to have played a role in stimulating primary production and
driving regional deoxygenation along the northern Tethys margin, but its influence is difficult to disentangle
from the available Corg/P data. The suggestion that P regeneration is important at a global scale for the PETM
[Sluijs et al., 2013] may be correct but cannot be assumed on the basis of limited existing data.
5.2.1.2. Influence of Surface Water Temperature and Salinity on Redox
Temperature and salinity could have had a marked effect on seawater deoxygenation in the study region by
altering the air-sea exchange of [O2] and by controlling the degree of surface water stratification, and hence
subsurface ventilation. However, no proxy reconstructions of these parameters are currently available from
this region. Winguth et al. [2010] modeled either an increase in northern Tethys surface salinity of 0.5–9
practical salinity unit during the PETM or a slight decrease in salinity depending on the direction of freshwater
export from the Arctic Ocean. An increase in surface salinity has also been suggested by Cope and Winguth
[2011], who attributed this effect to a deepening of the mixed layer due to reduced surface buoyancy.
Different versions of the Goddard Institute for Space Studies general circulation model produce qualitatively
similar increases in subtropical salinity centered on the northern Tethys [O’Connell et al., 1996; Roberts et al.,
2009], although these increases are quantitatively smaller than those produced by Cope and Winguth [2011].
The modeling data suggest that the [O2]-depleted and nutrient-rich waters inferred to have existed in the
northern Peri-Tethys could have been exported to the wider region within a high-salinity water mass, thus
influencing the spread of deoxygenated waters along the southern Tethyan margin, and to an extent in the
open Indian and Southern Oceans. This argument is partially supported by the global distribution of faunal,
sedimentological, and geochemical indicators of low-[O2] conditions during the PETM [Thomas, 1998; Chun
et al., 2010] and by carbon isotope indicators of water mass aging in the Indian Ocean [Seto, 1995]. However,
these arguments still need to be verified by proxy data reconstructions in this region.

It has been suggested that anoxia on the southern Tethys margin during the PETM was partly controlled by
regional upwelling, which drove high levels of primary productivity [e.g., Schmitz et al., 1997; Speijer et al.,
1997; Charisi and Schmitz, 1998; Speijer and Schmitz, 1998]. In contrast, upwelling along the northern Peri-Tethys
margin is difficult to envisage due to modeled high-salinity and temperature conditions. Furthermore, wind
directions along the northern Tethys margin were unlikely to have favored Ekman divergence [O’Connell
et al., 1996; Huber and Sloan, 2001], plus the broad, shallow paleogeography of the northern Peri-Tethys
was not suitably configured to allow nutrient-rich waters from the open Tethys Ocean to penetrate below
the surface mixed layer [Gavrilov et al., 1997]. The apparent synchrony in the timing of anoxia in both the
northern Peri-Tethys and the southern Tethys Ocean regions, therefore, must be due to synchronous
changes in environmental conditions over the entire region or by a direct teleconnection between the two
regions. One possible teleconnection might be the export and advection of low-[O2] water from the northern
Peri-Tethys onto the southern Tethys Ocean continental shelf [Speijer et al., 1996].
5.2.1.3. Influence of Methane Release on Redox
The strongest evidence for a possible role for methane oxidation as a cause of regional deoxygenation is
the temporal coincidence between the timing of the most severe phase of anoxia in the northern Tethys
Ocean (as indicated by Fe speciation, [Mo] and [Re] abundances and lycopane index values at Kheu River and
Guru-Fatima) and the onset of the carbon isotope excursion (CIE). A similar coincidence in the timing of
suboxic conditions and the onset of the CIE was noted for the New Zealand margin by Nicolo et al. [2010].
Deoxygenation in the New Zealand margin was partly attributed to the oxidation of methane, given the
absence of evidence of additional mechanisms for consuming oxygen. Assuming a release of ~3000 pg of
methane-derived C during the PETM [Zeebe et al., 2009], and a mass of oxygen in the oceans and atmosphere
of ~3.8 × 1019 mol [Duursma and Boisson, 1994], the oxidation of methane to CO2 would have consumed
<2% of available free oxygen. If a further assumption is made that most oxygen consumption would have
occurred in the atmosphere (which fits with observations that the CIE is more pronounced in shallower PETM
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sites and in planktonic foraminifera than benthic foraminifera [Zachos et al., 2007]), the oxidation of methane
would have had the effect of lowering seawater [O2] from its global mean of ~2 μmol/L by only a small
amount. Furthermore, the warm, relatively shallow Peri-Tethys locations studied here are unlikely regions for
extensive methane hydrate formation. Even if hydrates were forming at deeper Tethyan locations, the
absence of upwelling for the study region implies that it is unlikely that this methane would have affected the
ventilation of water masses overlying the study sites.

In summary, while the effects of methane oxidation on [O2] are not likely to have been globally uniform, and
cannot be entirely ruled out for the northern Tethys Ocean, the wealth of additional proxy data presented
here points to the dominant role of organic C remineralization leading to oxygen depletion and water
column anoxia in the study region.

6. Comparison of the PETM to Mesozoic OAEs

The scenario outlined for the northern Tethys during the PETM bears some similarities to those described for
the OAEs that occurred during the Cretaceous and Jurassic eras [Jenkyns, 2003]. It has been proposed that
marine productivity became significantly elevated during OAEs due to higher terrestrially derived nutrient
fluxes [e.g., Cohen et al., 2004, 2007; Adams et al., 2010; Monterio et al., 2012; Gavrilov et al., 2013]. During
OAE-2 (the Cenomanian-Turonian event) the most severely reducing marine conditions, with euxinic waters
extending upward into the euphotic zone, have been found within the proto-North Atlantic basin, where
continental alignment created a nutrient trap with limited deepwater renewal across shallow bordering
seaways [e.g., Kuypers et al., 2002; Pancost et al., 2004; Jenkyns, 2010; Jimenez Berrocoso et al., 2010].
Conversely, in settings such as Exmouth Plateau (Indian Ocean) and Demerara Rise (central Atlantic Ocean),
anoxic conditions intensified mainly within oxygen minimum zones that impinged on continental margins,
presumably due to proximity to weathered nutrients [e.g., Thurow et al., 1992; Friedrich et al., 2006]. Anoxia
was punctuated by intervals of episodic deepwater ventilation at these locations, although the exact cause of
these ventilation episodes is currently not well understood [e.g., Friedrich, 2010].

In direct comparison with the proto-North Atlantic Ocean during OAE-2, the hydrographically restricted
Arctic Ocean likely acted as a nutrient trap during the PETM, with euxinic waters extending upward into the
euphotic zone in response to greater fluxes of nutrients weathered from neighboring landmasses [Sluijs et al.,
2006; Weller and Stein, 2008; Dickson et al., 2012]. Furthermore, in the northern Peri-Tethys, anoxia seems
to have developed during the PETM in a fashion akin to Exmouth Plateau and Demerara Rise during OAE-2,
with the intensification of a preexisting low-[O2] water mass, the development of anoxic/euxinic seafloor
conditions, and the punctuation of these extreme conditions by intervals of episodic bottom water
ventilation. In summary, the PETMmay have been affected by similar environmental conditions that resulted
in the formation of OAEs but was possibly preconditioned toward less extensive global anoxia by a different
paleogeography. In this sense it may be considered as an incipient OAE [Cohen et al., 2007].

7. Conclusions

New geochemical data from three sites spanning the PETM document the expansion of anoxic water masses
across a wide region of the northern and eastern Peri-Tethys and provide evidence for what caused
deoxygenation in this region. The development of anoxia appears to have been a response primarily to
the stimulation of marine productivity by an increase in nutrient availability. The increase in nutrients was
likely to have been caused by both terrestrial weathering and the regeneration of buried P from marine
sediments along the Peri-Tethys margin. However, evidence for the latter process, for which those data
presented here are the first for the PETM, is still sparse.

The most significant organic carbon enrichment in the northern Peri-Tethys occurred during the first part
of the PETM. Although some organic carbon may have been lost from the uppermost parts of the PETM
sections studied here by postdepositional “burn down,” these results suggest that carbon burial was not
widespread in the region during the recovery phase of the PETM. For that reason, organic carbon burial in the
northern Peri-Tethys is unlikely to have played a role in sequestering excess CO2 from the atmosphere during
the terminal phase of the PETM, although carbon burial on other continental margins could have had an
effect on CO2 drawdown [e.g., John et al., 2008].
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